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INTRODUCTION

Zircon (ZrSi0O,) is a common accessory mineral in nature, occurring in a wide variety of
sedimentary, igneous, and metamorphic rocks. Known to incorporate an assortment of minor and
trace elements, zircon has the ability to retain substantial chemical and isotopic information,
leading to its use in a wide range of geochemical investigations, including studies on the evolu-
tion of Earth’s crust and mantle (e.g., Hanchar et al. 1994, Bowring 1995, Vervoort et al. 1996,
Hoskin and Schaltegger, this volume; Valley, this volume) as well as age dating (e.g., Gibson and
Ireland 1995, Bowring et al. 1998, Solar et al. 1998, Bowring and Schmitz, this volume; Ireland
and Williams, this volume; Parrish et al., this volume). The physical and chemical durability of
zircon is a major factor in it being the mineral by which many of Earth’s oldest known rocks have
been dated (Bowring et al. 1989, Maas et al. 1992, Buick et al. 1995, Bowring and Williams 1999,
Wilde et al. 2001) and is also an important factor in zircon being proposed as a candidate waste
form for the geologic disposal of excess plutonium from dismantled nuclear weapons (Ewing and
Lutze 1997, Ewing 1999, Burakov et al. 2002, Burakov et al. 2003, Ewing et al., this volume).

The chemical and physical properties of zircon and its ability to incorporate and retain trace
elements are largely determined by its crystal structure. The zircon structure is adopted by numer-
ous minerals and synthetic compounds with the general formula ATO,, in which high field-strength
T-site cations occupy isolated tetrahedra, and A-site cations occupy larger eight-coordinated struc-
tural sites. Zircon-type compounds share many physical properties, as well as displaying variable
degrees of solid solution among end members. Because many zircon-group minerals commonly
contain radioactive U and Th, natural crystals commonly suffer substantial radiation damage, and
most precise structure determinations are based on studies of synthetic analogues (e.g., Taylor
and Ewing 1978, Ni et al. 1995, Finch et al. 2001a, Boatner 2002). We rely to a large extent on
results from structural studies of synthetic analogues of zircon and zircon-group minerals in this
review.

In the sections that follow, we provide an overview of the crystalline structure of zircon,
followed by brief discussions of naturally occurring ATO, compounds that are isostructural with
zircon; these are the zircon-group minerals. We also compare the zircon structure with structures
of several related compounds, including those of scheelite and monazite, because of the impor-
tance that these structures have in understanding phase relationships among zircon-group miner-
als and their polymorphs. We conclude with a discussion of some effects that changes in pressure,
temperature and composition can have on the structure of zircon. Throughout the text, we use the
acronym REE (rare-earth elements) to include Sc, Y and the lanthanide elements (La through Lu).

1529-6466/03/0053-0001$05.00



2 Finch & Hanchar

STRUCTURE OF ZIRCON

Zircon is an orthosilicate in which isolated SiO, tetrahedra share corners and edges with
ZrOy dodecahedra. The ZrOg dodecahedra share edges with each other to form chains parallel to
<100> (Fig. 1) such that each ZrOg polyhedron shares edges with four adjacent ZrOg polyhedra,
two in each of the crystallographically equivalent directions [100] and [010]. These <100> chains
of ZrOg polyhedra are cross linked by sharing corners with SiO, tetrahedra (perpendicular to the
page in (Fig. 1). The Si and Zr polyhedra also form an edge-connected chain of alternating ZrOy
and SiO, polyhedra parallel to [001] (Fig. 1), between which lie unoccupied channels, also paral-
lel to [001] (Fig. 2). The [001] edge-connected chains of Zr and Si polyhedra comprise an espe-
cially strongly connected feature in the structure, as manifested in many physical properties of
zircon, including its prismatic habit, {110} cleavage, high birefringence (Speer 1982a and refer-
ences therein), anisotropic thermal expansion (Bayer 1972, Subbarao et al. 1990) and compres-
sion (Hazen and Finger 1979, Smyth et al. 2000, van Westrenen et al. 2003a).

Zircon is tetragonal and crystallizes in space group /4,/amd. Both cations (Zr** and Si*)
occupy special positions with site symmetry 42m. The O atom occupies a site with symmetry m:
the y and z coordinates of the O atom are the only refineable atomic-site parameters in the zircon
structure (y = 0.066, z = 0.195; Hazen and Finger 1979, Finch et al. 2001a, also see Speer 1982a).
Each O atom is bonded to one Si atom at 1.62 A and two Zr atoms at 2.13 and 2.27 A, so that each
Zr atom is bonded to four O atoms at 2.13 A and another four at 2.27 A (Hazen and Finger 1979,
Finch et al. 2001a).

Cation polyhedra

The SiO, tetrahedron in zircon is a tetragonal disphenoid (symmetry 42m) elongated parallel
to [001]. This distortion of the regular SiO, tetrahedron has been attributed to repulsion between
the Zr* and Si* cations, whose polyhedra share a common edge (Speer 1982a). The two O-Si-O
angles in the SiO, group are approximately 97° and 116° (Hazen and Finger 1979, Finch et al.
2001a). The O-O distance along the polyhedral edge shared with the ZrOg polyhedron is 2.43 A
(opposite the smaller O-Si-O angle) and 2.75 A along the unshared edge (opposite the larger O-Si-
O angle).

Figure 1. Zircon structure projected on (100); Figure 2. Zircon structure projected on (001),
c axis is vertical, b (a,) axis is horizontal. ZrOy showing view down the [001] channels (unshaded).
dodecahedra are shaded light gray; SiO, Shading as for Figure 1.

tetrahedra are striped.
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The Zr atom is coordinated by eight O atoms that define a triangular dodecahedron with
symmetry 42m. The ZrOg dodecahedron in zircon can be described as two interpenetrating ZrO,
tetrahedra (Nyman et al. 1984): one elongated along [001], which we will call ZrO,¢, the other
compressed, ZrO,° (nomenclature after Rios et al. 2000) (Fig. 3). (Note that if both tetrahedra
were undistorted, the polyhedron that would result from their interpenetration is a cube). As noted
above, there are four long and four short Zr-O distances in zircon. The four long Zr-O bond
distances are associated with the elongated ZrO,¢ tetrahedron, and the four short Zr-O bond dis-
tances are associated with the ZrO, tetrahedron. Using this description, one can visualize the
chains of edge-sharing ZrOy and SiO, polyhedra as isolated chains of edge-sharing SiO, and ZrO,*
tetrahedra, both being tetragonal disphenoids elongated along [001] (Fig. 4). The compressed
ZrOy tetrahedra are then seen to share their four corners with SiO, tetrahedra, forming a tetrahe-
dral array that Nyman et al. (1984) describe as a “C9-type” superstructure (as occurs in “ideal”
high cristobalite). In this context, the zircon structure is built of two unconnected interpenetrating
C9-type arrays of corner-sharing SiO, and ZrO,* tetrahedra (Fig. 5).

Interstitial sites

The structure of zircon is relatively open, with small voids between the SiO, and ZrOg poly-
hedra (Fig. 1) and open channels parallel to [001] (Fig. 2). Such structural voids are potential
interstitial sites that could incorporate impurities, provided that such sites can accommodate in-
terstitial ions without excessive structural strain. Interstices have been proposed as potential sites
for many impurity elements reported from zircon analyses (Speer 1982a). Although most detailed
studies of elemental substitution in zircon find that impurity cations can usually be accounted for
by substitutions at either the Zr or Si sites, both natural and synthetic zircon crystals can display
non-stoichiometry (e.g., Hinton and Upton 1991, Hoskin et al. 2000, Hanchar et al. 2001a). Finch
et al. (2001a) suggested that interstitial sites may incorporate low levels of impurity cations in
synthetic zircon crystals. Although present at concentrations below detection by many conven-
tional analytical methods (a few ppm to several tens of ppm), interstitial cations can have a sig-
nificant impact on charge-balancing heterovalent substitutions on Zr and Si sites. The possible
role of interstitial sites is a potentially fruitful area of research on zircon crystal chemistry.

Figure 3. View of zircon structure projected on (100) Figure 4. Zircon structure projected on (100),
(same orientation as Fig. 1) illustrating extended (ZrO,) illustrating [001] chains of edge-sharing tetrahedra:
and compressed (ZrO,°) tetrahedra (from Rios et al. ZrO,* (light gray stippled) and SiO, (darker gray
2000). striped); ¢ axis is vertical and b axis horizontal.
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Figure 5. Interpenetrating C9-type arrays of SiO, and ZrO,° tetrahedra in zircon. View is approximately
down [100], with ¢ axis vertical and b axis horizontal. Different shadings are to illustrate the two C9-type
tetrahedral arrays.

One interstitial site is a distorted octahedron that shares faces with two ZrOy polyhedra and
two SiO, tetrahedra (Fig. 1) and lies approximately 1.87 A from two O sites and 2.08 A from four
O sites. The proximity of two Si** ions (each at 1.84 A) across a shared polyhedral face makes this
an unlikely site for high field-strength cation impurities. The second interstice is a four-coordi-
nated site that lies within the channels parallel to [001] (Fig. 2). It is adjacent to the distorted
octahedral interstice and shares a face with it. This interstice is 1.84 A from four adjacent O sites
and shares one face with a neighboring ZrOy polyhedron (Fig. 6). Low levels of small, high-field-
strength ions may be compatible with this site.

Few studies have examined the energetics of impurity substitutions in the zircon structure,
including the potential role of interstitial sites. Williford et al. (2000) calculated the energetics of
defects in Pu-doped zircons and found that an O vacancy may be stabilized by two Pu’** substitu-
tions at nearby Zr sites. Crocombette (1999) calculated the energetics of point defects in zircon
(pure ZrSi0O,), including Zr, Si and O interstitials and vacancies, and found that interstitial Zr and
Si atoms tend to occupy interstices within the open channels along [001], whereas O interstitials
tend to occur as one of a dumbbell-shaped pair of O atoms coordinated to a common Si (making
a five-coordinated Si site). The results of the study by Crocombette (1999) indicate that, with the
exception of O interstitials, formation energies for all point defects (interstitials and vacancies)
ensure that the equilibrium thermal concentration of point defects in pure zircon is negligible.
Furthermore, because the activation energy for O diffusion is less than that required for O-va-
cancy formation (Williford et al. 1999), O vacancies are unlikely to persist in zircon, especially
over geologic time spans.

ZIRCON-GROUP MINERALS

Several minerals and numerous synthetic ATO, compounds are isostructural with zircon (Table
1). Classified according to the tetrahedrally coordinated 7-site cations, zircon-group minerals
include silicates, phosphates, vanadates, borates, an arsenate, and a chromate. Dodecahedral A-
site cations range from low field-strength cations such as Ca** to high field-strength cations such
as Ta* and Nb*>*. With the notable exception of ZrGeO, (with c/a = 0.936), compounds having the
zircon structure are characterized by axial ratios (c/a) between 0.869 (for chromatite, CaCrO,)
and 0.908 (for hafnon, HfSiO,), a rather narrow range given the variety of A- and 7-site cations
compatible with the zircon structure (Table 1). Axial ratios depend in part on the degree of repul-
sion between adjacent A-site cations and between A- and 7-site cations, due to the fact that the A
site (Zr dodecahedron) shares edges with both A- and 7-site polyhedra (Fig. 1). Strong repulsion
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Figure 6. Zircon structure viewed approximately down
[001] illustrating the four-coordinated interstitial site
(same orientation as for Fig. 2).

Table 1. Zircon-group minerals and selected synthetic zircon-type compounds*

Name Formula a c \' c/a density Ref.
Zircon ZrSiO, 6.607 5.9835 261.2 0.906 4.66 [1]
Hafnon HfSiO, 6.577 5.969 258.2 0.908 6.98 [2]
Thorite ThSiO, 7.1335 6.3205 321.6 0.886 6.70 [3]
Coffinite usio, 6.979 6.253 304.6 0.896 6.90 [4]
Xenotime YPO, 6.895 6.027 286.5 0.874 4.28 [5]
Xenotime-(Yb) YbPO, 6.438 6.400 276.5 0.874 6.44 [5]
Pretulite ScPO, 6.589 5.806 252.1 0.881 3.71 [6]
Chromatite CaCrO, 7.242 6.290 329.9 0.869 3.14 [7]
Behierite (Ta,Nb)BO, 6.206 5.472 210.8 0.882 7.37 [8]
Schiavinatoite (Nb,Ta)BO, 6.219 5.487 212.2 0.882 6.57 [9]
Wakefieldite-(Y) YVO, 7.118 6.289 318.7 0.884 4.25 [10,11]
Wakefieldite-(Ce)  (Ce,Pb)VO,  7.35 6.56 352.8 0.893 5.30 [12]
Wakefieldite-(Ce)  CeVO, 7.354 6.488 350.9 0.882 4.83 [13]
Dreyerite BiVO, 7.303 6.458 344.4 0.884 6.25 [14]
CeVO, 7.400 6.497 355.8 0.878 4.76 [11]
LuvO, 7.025 6.234 307.7 0.887 6.25 [11]
ScVo, 6.780 6.135 282.0 0.905 3.76 [11]
Chernovite-(Y) YAsO, 7.044 6.248 310.0 0.887 4.85 [15]
SmAsO, 7.20 6.40 331.8 0.890 5.77 [16]
LuAsO, 6.949 6.227 300.7 0.896 6.94 [17]
PrCrO, 7.344 6.428 346.7 0.875 4.92 [18]
LuCrO, 7.027 6.200 306.1 0.882 6.31 [18]
ThGeO, 7.230 6.539 341.8 0.904 7.16 [19]
ZrGeO, 6.694 6.265 280.7 0.936 5.43 [20]

* Notes: unit-cell parameters (a,c) in A; unit-cell volume in A%; density in g cm-2.

References: [1] Finch et al. (2001); [2] Speer and Cooper (1982); [3] Taylor and Ewing (1978); [4] Fuchs and Gebert (1958); [5] Ni
et al. (1995); [6] Bernard (1998); [7] Weber and Range (1996); [8] Mrose and Rose (1961); [9] Demartin et al. (2001); [10] Miles
et al. (1971); [11] Chakoumakos et al. (1994); [12] Deliens and Piret (1977); [13] Baudracco-Gritti et al. (1987); [14] Dreyer and
Tillmanns (1981); [15] Goldin et al. (1967); [16] Durif and Forrat (1957); [17] Lomdiller et al. (1973); [18] Buisson et al. (1964); [19]
Ennaciri et al. (1986); [20] Hirano et al. (2002a).

between A- and 7-site cations tends to increase c/a (lengthening the ¢ axis), whereas strong repul-
sion between adjacent A-site cations tends to decrease c/a (longer a). Although readily identified
from their similar X-ray powder diffraction patterns as possessing the zircon structure, complete
structural details are still unknown for many zircon-group minerals.

The zircon structure shares structural similarities with the minerals scheelite (CaWQ,), mona-
zite (CePO,), rutile (TiO,), garnet (X;Y,7;0,), and anhydrite (CaSO,), and some of these similari-
ties are discussed in the section on related structures below. Reidite, the naturally occurring
high-pressure ZrSiO, polymorph (Glass et al. 2002a,b), is isostructural with scheelite; whereas
huttonite, the high-pressure and high-temperature polymorph of ThSiO,, is isostructural with
monazite. The fact that the high-pressure polymorphs of the isostructural minerals zircon and
thorite are not themselves isostructural attests to the importance of A- and 7-site cations in deter-
mining polymorphic transitions. At room temperature and pressure, silicates, vanadates, and
chromates crystallize with the zircon structure, whereas germanates, molybdates, tungstates,
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periodates, and pertechnetates crystallize with the scheelite structure. Phosphates and arsenates
crystallize with the zircon structure for middle and heavy lanthanides, Y and Sc, and with the
monazite structure for the larger light lanthanides. LaVO, is the only orthovanadate with the
monazite structure; all other REE orthovanadates possess the zircon structure at room tempera-
ture and pressure.

Crystal structure is determined primarily by the sizes of ions that make up a crystal (Carron
et al. 1958, Fukunaga and Yamaoka 1979). A plot showing the sum of A and T cation radii versus
the ratio of ionic radii V™A/™T for ATO, compounds known to form zircon-, scheelite-, or mona-
zite-type structures illustrates the importance of A and T cations in determining ATO, structure
type (Fig. 7: ™WIT = B*, Si*, Ge*, P>, V¥, As™, Cr*, Cr%, Mo®, W%, S¢ Tc™, I'*). Zircon- and
monazite-type structures tend to be adopted by ATO, compounds with 7-site cations smaller than
Ge* (0.390 A) or Tc™ (0.37 A) and larger than S* (0.12 A), with the exception of (Ta,Nb)BO,,
which is isostructural with zircon (effective ionic radii are from Shannon 1976). There is less
apparent dependence on the radius of the A-site cation, although the zircon structure is adopted by
compounds with the smallest A-site cations compatible with a given 7-site cation. The scheelite
structure is adopted by compounds with the largest T-site cations (Ge*, Mo®, W, Tc™, 1) and
all but the smallest A-site cations (which tend to form ATO, compounds with the wolframite
structure); however, germanates form zircon-type structures at elevated temperatures (Bayer 1972).
The monazite structure is adopted by ATO, compounds with A-site cations comparable to, but
slightly larger than A-site cations in zircon-type structures.

2.00 i
1.75 1
scheelite —= monazite
T struct
EE 0 rere anhydrite
2+ wolframite
o
£ 1.25 -
sG+
V\Sa.
1.00 A or
As”? zircon B
0.75 . ' : :
0 2 4 6 8 10

MR yIMIR

Figure 7. Plot showing sums of A and T cation radii (""™A + "VIT) versus their radius ratios ("""™A/!™T)
for ATO, compounds known to adopt structure types discussed in the text. Lines indicate the range of values
compatible with each T-site cation, and symbols indicate selected known structures. Squares designate
zircon-type compounds; triangles are monazite-type compounds; circles correspond to scheelite-type
compounds (diamonds are other structures). Structure types are indicated for room-temperature polymorphs
where known (shaded circle is NalO,; filled triangle is NdAsQ,). Effective ionic radii from Shannon (1976).
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Silicates

The structure of hafnon (HfSiO,) is identical to that of zircon in virtually all details except
small differences in bond lengths and angles (Speer and Cooper 1982). The ionic radius of V™Hf**
(0.83 A) is only slightly smaller than that of MUZr* (0.84 A), and the unit-cell dimensions of
hafnon are correspondingly similar to those of zircon, with pure HfSiO, having smaller volume
(Table 1). In fact, the similar chemistries of Zr and Hf long delayed discovery of Hf, which was
first found in zircon in 1923 by D. Coster and G.C. von Hevesey. The estimated crustal abundance
of Zr and Hf corresponds to an atomic ratio Zr:Hf approximately equal to 70:1 (Rudnick and
Fountain 1995, Taylor and McLennan 1995, Wedepohl 1995); this is the atomic ratio Zr:Hf in
zircon with 1.3 wt % Hf (1.6 wt % HfO,). Zircon crystals typically contain less than about 3 wt %
Hf, with concentrations ranging between 0.5 and 7 wt % Hf (Hoskin and Schaltegger, this vol-
ume); however, complete solid solution between end-member compositions has been demon-
strated (Ramakrishnan et al. 1969, Hoskin and Rodgers 1996).

Actinide silicates

There are three naturally occurring ATO, actinide silicates, two of which are isostructural
with zircon: coffinite (USiO,) and thorite (ThSiO,). Thorite is one of two naturally occurring
polymorphs of ThSiO,. The structures of thorite and zircon are completely analogous. The SiO,
tetrahedron in thorite is essentially identical to that in zircon, with Si-O distances of 1.63 A
(Taylor and Ewing 1978). The two Th-O distances at 2.37 A and 2.47 A, are 11% and 9% longer
than the corresponding Zr-O distances in zircon (2.13 and 2.27 A), reflecting the larger radius of
the Th* ion (1.05 A). Thorite is the polymorph stable at room temperature and pressure, trans-
forming to huttonite, the denser lower-symmetry polymorph, at elevated pressure and temperature
(Dachille and Roy 1964, Finch et al. 1964). Huttonite is monoclinic and isostructural with mona-
zite (Taylor and Ewing 1978), the structure of which is described in more detail in the section on
related structures.

Coffinite (USiO,) forms as an alteration product of uraninite (UO,) under reducing condi-
tions and has been identified in many diverse U deposits (Janeczek 1991, Janeczek and Ewing
1992, Fayek and Kyser 1997, Fayek et al. 1997). Coffinite occurs in nature as microscopic
intergrowths that are unsuitable for structure determination by conventional X-ray diffraction
methods, and hydrothermal syntheses produce only fine-grained powders (Hoekstra and Fuchs
1956). The isostructural relationship between zircon and coffinite was established by a detailed
X-ray powder diffraction study of synthetic coffinite (Fuchs and Gebert 1958), and lattice param-
eters of coffinite and thorite suggest that structural details for those two minerals are similar
(Table 1). No single-crystal structure data are available for coffinite, nor are we aware of any
reported neutron powder structure refinements of coffinite, although such a study would be valu-
able.

Although coffinite is isostructural with thorite, the degree of solid solution between the two
phases is uncertain, with conflicting reports in the literature. Fuchs and Gebert (1958) reportedly
synthesized the complete series (U,Th)SiO,, but Mumpton and Roy (1961) found the limit on U
substitution to be about 30 mol % USiO,. Variations in synthesis methods and temperatures may
help explain the differences. Natural coffinite may contain substantial amounts of REE and P,
suggesting some solid solution with xenotime, YPO, (Hansley and Fitzpatrick 1989, Janeczek and
Ewing 1996), with which coffinite is isostructural.

Essentially all reported analyses of natural coffinite indicate H,O, and the structural role of
H,O has been long been debated (Mumpton and Roy 1961, Speer 1982b, Janeczek 1991). Infrared
spectra of hydrothermally synthesized coffinite do not show evidence for OH groups, and no
difference in X-ray powder diffraction patterns is observed between anhydrous and hydrous samples
(Fuchs and Gebert 1958). H,O groups in coffinite are believed to occupy open channels along
[001] (Fig. 2), and are not believed to be an essential structural constituent (Janeczek 1991).
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However, attempts to synthesize coffinite by using anhydrous high-temperature (~1000°C) meth-
ods have not been successful (e.g., Lunga 1966, Hanchar 1996).

In addition to U and Th, the tetravalent light actinides, Pa, Np, Pu, and Am also form zircon-
type orthosilicates, and like ThSiO,, PaSiO, is also dimorphous, with a monoclinic huttonite-type
polymorph stable at elevated temperature (Speer 1982b). The degree of solid solution among
isostructural actinide orthosilicates has not been studied in detail. Complete solid solution cannot
be assumed based solely on similarities in ionic radii and valence (e.g., Begg et al. 2000, Burakov
et al. 2002).

We should note that thorogummite, (Th,U)SiO,-nH,0, is an actinide orthosilicate mineral
considered isostructural with zircon. Thorogummite is rather poorly described structurally and
chemically (Speer 1982b, Gaines et al. 1997). It probably represents an intermediate in the solid
solution between coffinite and thorite, and thorogummite may be superfluous as a mineral name
(Finch and Murakami 1999).

Phosphates

Three naturally occurring REE phosphates, xenotime (YPO,), xenotime-(Yb) (YbPO,) and
pretulite (ScPO,), crystallize with the zircon structure (Boatner 2002), as well as several synthetic
heavy-lanthanide orthophosphates (Ni et al. 1995) (Table 1). The structures of xenotime and the
other zircon-group orthophosphates are topologically identical to zircon, with REE* ions occupy-
ing Zr-equivalent dodecahedral sites and P> occupying Si-equivalent tetrahedral sites (Ni et al.
1995). The polyhedral volume of the PO, tetrahedron in xenotime-type REEPO, orthophosphates
is significantly smaller than the analogous SiO, tetrahedron in zircon, reflecting the smaller ionic
radius of ™IP5* (0.15 A) compared with "VSi* (0.26 A). The polyhedral volume of the REEOg
dodecahedron is correspondingly larger than the analogous ZrOg dodecahedron in zircon. Boatner
(2002) reviews the structures, chemistry and physical properties of zircon-group REE phosphates
in more detail.

Due to the lanthanide contraction (ionic radii of light lanthanides are larger than those of
heavy lanthanides) orthophosphates of light lanthanides, La through Gd, crystallize with the mono-
clinic monazite structure (Ni et al. 1995), which is described in the section on related structures.
Synthetic BiPO, possesses the monazite structure at low temperature (Schwarz 1963), as does the
trivalent actinide phosphate PuPO, (Bjorklund 1958).

Borates

Two naturally occurring borates are known that possess the zircon structure, both of which
share the general formula (Ta,Nb)BO,. Behierite (Nb-rich) and schiavinatoite (Ta-rich) are both
exceedingly rare, occurring in B-rich pegmatites (Mrose and Rose 1961, Demartin et al. 2001).
Little is known about the stability of these minerals, although Bayer (1972) reported that syn-
thetic TaBO, decomposes above 900°C to Ta,0s with volatilization of B,0;. We are unaware of
any studies on the extent of solid solution between zircon and the borates; however, minor Ta and
Nb have been reported in zircon analyses, and B** is certainly a potential charge-compensating
substituent (and one that is notably difficult to detect).

Vanadates

Three vanadate minerals possess the zircon structure: wakefieldite-(Y), YVO,, wakefieldite-
(Ce), (Ce,Pb)VO,, and dreyerite, BiVO,. The first description of wakefieldite-(Ce) (originally
named kusuite) reported that it contained approximately equal proportions of di- and tetravalent
Pb, as well as trivalent Ce (Deliens and Piret 1977), although Pb-free wakefieldite-(Ce) was sub-
sequently described by Baudracco-Gritti et al. (1987). Synthetic ScVO, is isostructural with zir-
con (Schwarz 1963), and a complete series of lanthanide-bearing vanadates has been synthesized
(Ce through Lu), all of which have the zircon structure (Durif 1956, Carron et al. 1958, Lohmiiller
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et al. 1973). LaVO, is the only REE orthovanadate with the monazite structure at room tempera-
ture and pressure (Stubican and Roy 1963, Schwarz 1963, Rice and Robinson 1976); however it
adopts the zircon structure when synthesized hydrothermally (Oka et al. 2000).

Wakefield-(Y) contains 4-6 wt % each of heavy lanthanides (Dy, Yb, Er) and no measurable
light lanthanides (Miles et al. 1971). Naturally occurring Pb-free wakefieldite-(Ce) contains sev-
eral weight percent light lanthanides (up to Sm) and no measurable heavy lanthanides, although it
does contain approximately 3 wt % Y (Baudracco-Gritti et al. 1987). Pb-bearing wakefieldite-
(Ce) from Zaire reportedly contains no measurable REE other than Ce (Deliens and Piret 1977).
Minor substitution by As and P for V is common in naturally occurring zircon-type vanadates,
although to our knowledge complete solid solution has not been demonstrated between zircon-
group vanadates and the isostructural arsenates or phosphates. Synthetic zircon-type REE vana-
dates transform to the scheelite structure between about 3.5 and 10 GPa, depending on temperature
(Stubican and Roy 1963, Jayaraman et al. 1987, Mazhenov et al. 1988, Duclos et al. 1989, Range
and Meister 1990).

Lattice parameters of zircon-type REE orthovanadates depend directly on the radius of the
lanthanide ion (Chakoumakos et al. 1994) and can be described with the following polynomi-
als: a = 2.6809 + 6.3244 R — 1.9221 R* ¢ = 6.2173 — 1.3048 R + 1.3548 R?, in which R is the
effective ionic radius, in Angstréms, from Shannon (1976). The O atomic positional parameters
depend linearly on the lanthanide-ion radius (Chakoumakos et al. 1994): y = 0.4864 — 0.05126R;
z = 0.1577 + 0.04269R (space group I4,/amd, origin at 8c.2/m). Several zircon-type REE
orthovanadates (REE = Pr, Nd, Tb, Ho, Tm, Tb) exhibit anomalous thermal expansion caused by
magnetoelastic effects (Kazei et al. 1995, Skanthakumar et al. 1995, Nipko et al. 1997, Bowen
1998). Elastic constants for zircon-type orthovanadates are not so well known; however, elastic
constants have been reported for TbVO, (Melcher 1976), DyVO, (Sandercock et al. 1972, Melcher
1976), HoVO, and ErVO, (Hirano et al. 2002b). Bowden (1998) provides a detailed review of
thermal properties of REE vanadates.

Dreyerite (BiVO,) is trimorphous with the minerals pucherite and clinobisvanite. Dreyerite,
which is isostructural with zircon, is found in rhyolitic ash-flow tuff (Dreyer and Tillmanns 1981),
suggesting a high-temperature and (relatively) low-pressure genesis. Clinobisvanite is monoclinic
(I2/a); it is not isostructural with monazite but possesses a “distorted scheelite structure”
(Mariathasan et al. 1986). Pucherite is orthorhombic and also structurally related to scheelite
(Qurashi and Barnes 1953). Clinobisvanite, the BiVO, polymorph stable at ambient temperature
and pressure, transforms to the scheelite structure at elevated temperature or at pressures above
1.4 GPa (Hazen and Mariathasan 1982, Mariathasan et al. 1986). Synthetic clinobisvanite is
ferroelastic, whereas the scheelite-type polymorph of BiVO, is paraelastic. The monoclinic-to-
tetragonal transformation in BiVO, is purely displacive and readily reversible, involving small
shifts of Bi and O atoms (Hazen and Mariathasan 1982), which probably explains why the low-
pressure polymorph of BiVO, (clinobisvanite) is known as a mineral, whereas the high-pressure
scheelite-type polymorph is not. As for clinobisvanite, the orthorhombic distortion that distin-
guishes pucherite from the scheelite-type polymorph involves relatively small atomic displace-
ments (Qurashi and Barnes 1952, Mereiter and Preisinger 1986); however, the stability of pucherite
relative to other BiVO, polymorphs is not known.

Arsenates

Chernovite (YAsO,) is the only naturally occurring arsenate member of the zircon group
(Goldin et al. 1967), although several synthetic zircon-type REE arsenates are also known. REEAsO,
compounds containing heavy lanthanides (Sm through Lu), Y and Sc, crystallize with the zircon
structure (Durif and Forrat 1957, Schwarz 1963), whereas the four light lanthanides La, Ce, Pr and
Nd form orthoarsenates that are isostructural with monazite (Carron et al. 1958). This is consis-
tent with the trend observed for the REE orthophosphates, except that the “break™ between the
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xenotime-type (zircon-type) and monazite-type structures occurs between Nd and Sm for REE
arsenates, whereas it occurs between Gd and Tb for REE phosphates.

Synthetic NdAsO, possesses the monazite structure at room temperature and pressure but
adopts the scheelite structure at elevated temperature and pressure (Mazhenov et al. 1988, Stubican
and Roy 1963). Two naturally occurring orthoarsenates possess the monazite structure: gasparite-
(Ce), CeAsO, (Graeser and Schwander 1987), and rooseveltite, BiAsO, (Herzenberg 1946, Schwarz
1963). The latter is dimorphous with tetrarooseveltite, which is isostructural with scheelite (Mooney
1948, Sejkora and Ridkosil 1994). Mooney (1948) noted that monoclinic BiAsO, (monazite struc-
ture) precipitates quickly when synthesized hydrothermally, whereas “long digestion periods tend
to produce the tetragonal [scheelite-type] form.”

Naturally occurring REE arsenates commonly exhibit As-V and As-P solid solution (Cabella
et al. 1999), and a complete solid-solution series has been demonstrated between chernovite and
xenotime (Graeser et al. 1973). Limited replacement of As by W is also reported. Paranite,
Ca,Y(AsO,)(WO,),, is an ordered derivative of the scheelite structure, with alternating layers of
composition CaWO, and YAsOQ, in the ratio 2:1 (Demartin et al. 1992).

Chromates

Chromatite (CaCrO,) is a rare chromate isostructural with zircon (Weber and Range 1996).
The CaOg dodecahedron in chromatite is larger than the ZrOg dodecahedron in zircon, and the
CrO, tetrahedron, which is also slightly larger than the SiO, tetrahedron in zircon, is less distorted
than in zircon. This can be rationalized by there being less repulsion between Ca*" and Cr® com-
pared to Zr** and Si* in zircon.

To our knowledge, no other zircon-type compounds with Cr® are known, natural or syn-
thetic. However, a full suite of zircon-type REE compounds with the general formula REECrO,
(La through Lu) have been synthesized (Buisson et al. 1964). The three pentavalent cations, As™,
Cr** and V** possess closely similar ionic radii in tetrahedral coordination (0.335-0.355 A), so that
REECrO,, REEVO, and REEAsO, might be expected to form solid-solution series.

Related structures

Reidite is the naturally occurring high-pressure polymorph of ZrSiO,. First synthesized in
the laboratory (Reid and Ringwood 1969), reidite was discovered recently in zircon-bearing ma-
rine sediments in an impact-ejecta layer off the coast of New Jersey (Glass et al. 2002a,b). Reidite
is tetragonal, space group I4,/m, and is isostructural with scheelite (CaWQ,). Scheelite (and by
inference reidite) shares several structural features with zircon. As for zircon, Si atoms in reidite
occupy distorted SiO, tetrahedra and Zr atoms occur within ZrOg dodecahedra. ZrO; polyhedra in
reidite share edges with adjacent ZrOg polyhedra, forming zigzag chains along <100>. These
chains are crossed linked through SiO, tetrahedra by sharing corners with them (Fig. 8). Like
zircon, there are two Zr-O distances in reidite, and the ZrO; dodecahedron can be described as two
interpenetrating ZrO, tetrahedra: one elongated, ZrO,¢, the other compressed, ZrO,. Thus the
reidite structure is composed of two interpenetrating “C-9 type” arrays of corner-sharing tetrahe-
dra, as is zircon. Unlike zircon, however, Zr and Si polyhedra in reidite do not share edges, and the
two CO-type arrays of tetrahedra are composed, not of SiO, and ZrO, tetrahedra, but of SiO, and
ZrOy° tetrahedra (Fig. 9). Also in contrast with zircon, the ZrO,¢ tetrahedra (which also share
corners with SiO, tetrahedra) form layers of corner-sharing tetrahedra parallel to (001) in reidite,
and these layers do not share polyhedral constituents with adjacent ZrO,* layers (Nyman et al.
1984). These differences in connectivity of the structures of reidite (scheelite) and zircon may
explain observed differences in thermal expansion (Bayer 1972) and compressibility (Hazen and
Finger 1979, Scott et al. 2002) for the two structure types.

Monazite (CePO,) is the monoclinic form of REEPO, compounds adopted by light lan-
thanide orthophosphates (Ni et al. 1995, Boatner 2002). Although ZrSiO, does not form a poly-
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morph with the monazite structure, thorite transforms at high pressure and temperature to huttonite
(Dachille and Roy 1964), which is isostructural with monazite (Taylor and Ewing 1978). We
discuss the monoclinic monazite/huttonite structure here in order to aid in our discussion of phase
transformations in the next section.

Monazite is monoclinic, crystallizing in space group P2,/n. The structure of monazite is
similar to that of zircon in several important ways. In monazite, isolated PO, tetrahedra share
corners and edges with CeO, polyhedra, which superficially resemble ZrOg dodecahedra in zir-
con. The Ce polyhedra in monazite share edges with each other to form chains parallel to the a
axis (Fig. 10) that resemble analogous ZrOg dodecahedral chains in zircon (cf. Fig. 1). The Ce
atom in monazite is coordinated by nine O atoms, described by Taylor and Ewing (1978) as four
axial O atoms (two each forming the shared edge with two adjacent PO, tetrahedra) and five
equatorial O atoms. The equatorial O atoms are each part of five neighboring PO, tetrahedra that
share their corners with the Ce polyhedron. Thus, the Ce polyhedron in monazite shares corners
and edges with seven neighboring PO, tetrahedra, whereas the ZrOg polyhedron in zircon shares
polyhedral elements with six SiO, tetrahedra. The four axial O atoms define a distorted CeQO,
tetrahedron elongated along [001], analogous to the ZrO,° tetrahedron in zircon. The edge-sharing
P and Ce polyhedral chains along [001] in monazite (Fig. 11) closely resemble the [001] polyhe-
dral chains in zircon, although the chains in monazite are twisted compared to those in zircon (cf.
Fig. 4).

As noted, the zircon structure can be visualized as two interpenetrating arrays of alternating,
corner-sharing SiO, and ZrO,* tetrahedra (Fig. 5). Owing to nine O atoms being coordinated to Ce
in monazite, the CeO, polyhedron cannot be adequately described as two interpenetrating tetrahe-
dra. The ninth Ce-O bond in monazite can be seen as arising from a twisting of polyhedra in
monazite relative to analogous polyhedra in zircon (compare Figs. 1, 10 and 4, 11), which results
in an additional bond between a seventh PO, group and the CeO, polyhedron. The two C9-type
arrays of SiO, and ZrO,* tetrahedra, which are independent in the zircon structure, are no longer

Figure 9. C9-type array of tetrahedra in the
structure of scheelite: WO, (dark gray striped) and
Ca0O,° (light gray stippled). (CaO, and WO,

Figure 8. Scheelite structure projected on (100) tetrahedra in scheelite are equivalent to ZrO,¢ and
with ¢ axis vertical and b axis (a,) horizontal. CaOy Si0, tetrahedra, respectively, in reidite). Projection
dodecahedra (ZrOs in reidite) are shaded light gray; is approximately on (110) with ¢ axis vertical and

WO, tetrahedra (SiO, in reidite) are striped. b axis (a,) horizontal.
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Figure 10. Monazite structure projected on Figure 11. Monazite structure projected on
(100); ¢ axis is vertical, b axis is horizontal. (100), illustrating [001] chains of edge-sharing
tetrahedra: CeO, (light gray stippled) and PO, (no
shading); ¢ axis is vertical, b axis is horizontal (cf.

Fig. 4).

independent in monazite, due to the ninth Ce-O bond. Thus, monazite has greater overall struc-
tural connectivity than does zircon. The structure of monazite is more densely packed and space-
filling than zircon, and it lacks the interstitial voids and channels present in the zircon structure.

Rutile. Vegard (1916) originally reported that zircon was isostructural with rutile (tetragonal
TiO,), although he corrected this later (Vegard 1926). Despite the contention by Bragg and
Claringbull (1965) that “there is no relation between the two structures,” they can, in fact, be
compared in a straightforward manner (Nyman et al. 1984). In zircon, Si and Zr atoms are coordi-
nated by four and eight O atoms, respectively, whereas in rutile, Ti atoms are coordinated by six
O atoms. Nyman et al. (1984) point out that each pair of Ti octahedra in rutile can be correlated to
a pair of Zr and Si polyhedra in zircon through small displacements of four O atoms. The dis-
placement relates two edge-sharing 7i octahedra to an edge-sharing pair of Zr and Si polyhedra.
Thus, the [001] chains of edge-sharing Zr and Si polyhedra in zircon are analogous to the [001]
chains of edge-sharing 7i octahedra in rutile.

Garnet. Robinson et al. (1971) compared the structures of zircon and garnet (X;Y,750,,).
Both structures contain chains of edge-sharing 70, tetrahedra and XOg dodecahedra. These chains
are oriented along the three crystallographically equivalent [111] directions in garnet, forming
cross-linked chains with octahedral interstices. These YOg4 octahedra are typically occupied by
high field-strength cations, such as AlI**, Fe** and Cr**, whereas the XOg dodecahedra are occupied
by comparatively low field-strength cations such as Mg?, Ca®*, Mn?*, and Fe*'.

Anhydrite. The structure of anhydrite (CaSO,) is similar to that of zircon in several ways.
The Ca* cation in anhydrite occupies a dodecahedron that is closely similar to the ZrO; dodeca-
hedron in zircon (and the CaOg dodecahedron chromatite). These CaOg dodecahedra share edges
with SO, tetrahedra, forming chains along [001] that strongly resemble the [001] chains in zircon.
In addition, the CaOg dodecahedra share edges with adjacent CaO; dodecahedra along [100], also
as seen in zircon. However, unlike the zircon structure, CaOg dodecahedra in anhydrite share only
corners with neighboring CaO; dodecahedra along [010], thereby breaking the tetragonal symme-
try. Anhydrite is orthorhombic, space group Amma, with a = 6.993 A, b= 6.995 A, ¢ = 6.245 A
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(Hawthorne and Ferguson 1975), and the distortion from tetragonal is seen to be small. Nyman et
al. (1984) describe this structural relationship in more detail.

STRUCTURAL EFFECTS OF TEMPERATURE, PRESSURE AND
COMPOSITION

Temperature

The thermal expansion of zircon is quite low, with an average (bulk) coefficient of thermal
expansion () of approximately 4.5 x 10%°C. As would be expected from the structure, the
thermal expansion of zircon is anisotropic, with expansion along [001] greater than along
<100> (B 00> = 3.2 X 10°%/°C and B g0y = 5.4 X 10%/°C, Bayer 1972). Bayer (1972) examined the
thermal behaviors of several synthetic ATO, compounds with zircon and scheelite structures and
found that the thermal expansion of compounds with the zircon structure is generally less than
that of scheelite-type compounds, and that thermal expansion tends to increase with decreasing
valence of dodecahedral-site cations.

Zircon is stable up to 1690°C (1963 K) at ambient pressure, at which point it decomposes to
the constituent oxides. A neutron-diffraction study of zircon up to 1900 K (1627°C) found that
zircon undergoes a displacive structural “transition” at approximately 1100 K (827°C), where
there is a discontinuity in the thermal expansion of the a and c lattice parameters (Mursic et al.
1992). The temperature-dependence of lattice parameters a and ¢ can be described, both above
and below the 1100 K transition, by a second-degree polynomial: A, = A, T + A, T2 Between room
temperature and 1100 K, the polynomial coefficients are Ay = 6.6003, A; = 126 X 107, A, = 82 X
107'° for the a axis, and A, =5.9783, A, =29 x 10, A, = 67 x 10" for the ¢ axis; whereas, between
approximately 1500 and 1800 K, the polynomial coefficients for the temperature dependence of
the a axis are A, = 6.65, A, = -4 x 107, A, = 24 x 10?, and those for the ¢ axis are A, = 6.05, A, =
-5 %107, A, =24 x 10° (Mursic et al. 1992).

Volume expansion during heating of zircon is due primarily to expansion of the ZrO; dodeca-
hedron, there being relatively little change in the SiO, tetrahedral volume below 1100 K. In-
creased dodecahedral volume correlates with an increase in the longer Zr-O distance, corresponding
to the elongated ZrO,° tetrahedron, which shares edges with SiO, tetrahedra. Relatively little
change in the shorter Zr-O bonds or the volume of the compressed ZrO, tetrahedron occurs up to
the 1100 K transition. Between 1100 and 1200 K, the SiO, tetrahedron undergoes a sharp increase
in volume due to an increase in the Si-O bond length from 1.622 A to 1.628 A (Mursic et al.
1992). The corner-sharing tetrahedra (SiO, and ZrO,°) respond to these changes in SiO, volume
through rotation, leaving the longer Zr-O distance essentially unchanged through the transition.
The edge-sharing ZrO,° tetrahedron cannot rotate (independent of the SiO, tetrahedron), and the
longer Zr-O bonds must, therefore, lengthen continuously during and following expansion of the
Si-O bond. By approximately 1500°C, the geometry of the SiO, tetrahedron approaches that of an
ideal tetrahedron (O-Si-O angle = 109°). Mursic et al. (1992) explain the decomposition of zircon
by the gradual breakdown of the ZrO; dodecahedral polyhedron due to increasing incompatibility
of the two interpenetrating ZrO, tetrahedra. Thus, the thermal decomposition of ZrSiO, to (tet-
ragonal) ZrO, and SiO, (beta-cristobalite) can be described as a structural rearrangement of the
ZrOy polyhedron, which is no longer compatible with the SiO, polyhedron. The SiO, tetrahedra
eventually rearrange, crystallizing beta-cristobalite (Mursic et al. 1992, Colombo et al. 1999).

The thermal behavior of zircon contrasts with that of thorite, which transforms to the high-
temperature polymorph huttonite before decomposing to ThO, and SiO, (Dachille and Roy 1964,
Finch et al. 1964). Huttonite, which has the monazite structure, shares some important structural
features with thorite (zircon structure); however, Th in huttonite is coordinated by nine O atoms,
rather than eight as in thorite, and the ThO, polyhedron in huttonite shares corners with seven
Si0, tetrahedra, rather than six as in thorite (Taylor and Ewing 1978). The structural change is
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accomplished through rotations of ThO,¢ and SiO, tetrahedra and formation of an additional bond
between an O atom of the fifth SiO, tetrahedron and the Th site. The transformation of thorite to
huttonite results in a structure with greater overall connectivity than zircon, which, as noted,
consists of two independent arrays of Si and Zr tetrahedra. These arrays both exist in huttonite, but
they are not independent, being connected through the additional Th-O-Si linkage. The structure
collapses slightly due to the rotation of polyhedra and the additional Th-O bond. The transforma-
tion of thorite to huttonite is sluggish, presumably due to formation of an additional Th-O bond.
Details of the transformation remain unclear, as no high-temperature structural studies of the
thorite-huttonite transformation have, to our knowledge, been reported. The fact that a structural
transformation similar to the thorite-huttonite transformation is not observed in zircon before
decomposition may be due to the greater tetrahedral rotation required to increase the coordination
number around the small Zr** cation.

Coffinite (USiO,) is isostructural with thorite and zircon (Fuchs and Gebert 1958). The phase
stability of coffinite remains largely uncertain. High-temperature synthesis experiments (e.g., Lunga
1966) suggest that coffinite is metastable relative to UO, + SiO,. However, coffinite occurs prima-
rily in low-temperature sedimentary rocks (Plant et al. 1999) and formation of coffinite at low
temperatures may be kinetically inhibited on laboratory timescales. Considering the similar ionic
radii of V™MU* (1.00 A) and ™Th* (1.05 A), a high-temperature polymorph of USiO, analogous
to huttonite might be expected; however, such a phase has never been reported in laboratory
experiments or from natural samples. The reason for this apparent disparity between coffinite and
thorite is not clear.

Pressure

Hazen and Finger (1979) determined the bulk modulus (K,;) for natural zircon from crystal-
structure refinements up to 4.8 GPa, reporting values of 227 GPa or 234 GPa, depending on the
assumed value for the isothermal pressure derivative, K, (Ko = 6.5 and 4, for the low and high
values, respectively). This makes zircon one of the most incompressible silicate minerals known,
with a bulk modulus similar to those of perovskite-type structures and silicates with Si in octahe-
dral coordination (Knittle 1995). Crocombette and Ghaleb (1999) calculated the bulk modulus for
pure ZrSiO,, deriving a value of 245 GPa, in excellent agreement with the value reported by
Hazen and Finger (1979). Recently, van Westrenen et al. (2003a) measured unit-cell volumes of
pure, synthetic zircon up to 27 GPa and report a bulk modulus of 201 GPa (K’ of 4.0), significantly
lower than the value reported by Hazen and Finger (1979) for natural zircon.

The bulk modulus of the SiO, tetrahedron (230 + 40 GPa) is low compared to other silicates,
whereas that of the ZrOg dodecahedron (280 + 40 GPa) is anomalously high for a polyhedron with
coordination number greater than six (Hazen and Finger 1979). Smyth et al. (2000) suggest that
the Zr polyhedron largely accounts for the remarkable incompressibility of zircon, attributing this
to the high valence and relatively large ionic radius of Zr* (0.84 A). As for its thermal expansion,
zircon exhibits anisotropic compressibility, being about 70% more compressible along [001] than
along <100> (Hazen and Finger 1979). This is explained by the fact that the four short Zr-O bonds
(corresponding to the ZrO, tetrahedron), which are sub-parallel to the (001) plane, are less com-
pressible than the longer Zr-O bonds, which are closer to being parallel to [001] (Smyth et al.
2000).

Zircon transforms at high pressure to reidite, which is isostructural with scheelite. The trans-
formation is believed to occur via a martensitic-type transformation (Kusaba et al. 1985, 1986;
Leroux et al. 1999). Crystallographically, the structure of reidite can be derived by simultaneously
twinning the zircon structure on (200), (020) and (002) (Nyman et al. 1984). Deformation in
experimentally shock-metamorphosed zircon crystals is dominated by planar deformation fea-
tures, interpreted as micro-twins predominantly on (100), (010) and (111), as well as amorphous
planar deformation features (Leroux et al. 1999). Experimentally, Kusaba et al. (1986) concluded
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that the [110] direction in zircon becomes the [100] direction in reidite during the shock-induced
transformation zircon to reidite, a conclusion consistent with a transmission electron microscope
study of experimentally shocked zircon crystals, in which the [110] direction of reidite is ob-
served to be parallel to the [100] direction in adjacent zircon (Leroux et al. 1999). The latter study
also revealed that the (112) plane in reidite parallels the (100) plane of zircon in shocked crystals.
These observations suggest an epitaxial relationship between zircon and reidite.

The transformation of zircon to reidite is sluggish and the equilibrium transition pressure is
not well constrained. The transition pressure at 1300 K (1027°C) is reportedly 12 GPa (Liu 1979),
and if the Clapyron slope of the zircon-reidite phase boundary is positive, the room-temperature
transition pressure must be lower than this. Crocombette and Ghaleb (1998) calculated an equilib-
rium transition pressure of 5 GPa (at 0 K) by using both empirical potentials and ab initio elec-
tronic-structure calculations. High-pressure shock and static experiments reveal a rather wide
range of observed room-temperature transformation pressures consistently above about 20 GPa
(Kusaba et al. 1985, Knittle and Williams 1993, Fiske et al. 1994, Leroux et al. 2001). A recent
high-pressure diamond-anvil X-ray powder-diffraction study on the room-temperature compress-
ibility of pure synthetic zircon reports evidence for reidite in powder-diffraction patterns from
zircon crystals exposed to just under 20 GPa (van Westrenen et al. 2003a), about 3 GPa lower than
the previously reported transition pressure observed for natural zircon (Knittle and Williams 1993).
van Westrenen et al. (2003a) suggest that low concentrations of impurities in natural zircon crys-
tals might affect compressibilities and observed transition pressures, a contention that appears to
be supported by a recent study of room-temperature compressibility of synthetic zircon crystals
doped with approximately 10 wt % REE + P (van Westrenen et al. 2003b). That study reports that
the compressibility of REE+P-doped zircon is significantly greater than for pure ZrSiO,, and that
evidence for the onset of the zircon-reidite transition is not observed below 22.5 GPa.

As for its temperature dependence, the pressure-dependent behavior of thorite contrasts with
that of zircon. The high-pressure polymorph of ThSiO, is huttonite (which is also the high-tem-
perature ThSiO4 polymorph). The transformation from thorite to huttonite reflects a rotation of
tetrahedra such that the coordination number of Th increases from eight in thorite to nine in
huttonite, which, as discussed in the section on temperature effects, leads to an increase in struc-
tural connectivity in huttonite compared to thorite and a more compact structure.

Huttonite is more dense and has lower symmetry than thorite, which is unusual for a high-
temperature polymorph. The Clausius-Clapyron equation relates differences in volumes and en-
tropy across a phase boundary to the slope of the phase boundary in P-T space:

dP/dT = (S-S)/(V-V)) = AS/AV 1)

Based on their relative densities, molar volumes of the three structure types decrease in the
order V. > Vyo, > Vsa, since, for a given composition, density for each structure type increases
in the order Dy, < Dyon < Dsap. Based on the symmetries of these three structure types, molar
entropies might be expected to decrease in the order Sy > Ss > Smon, Since higher symmetry
tends to imply greater entropy. Using these arguments, we can postulate the Clapyron slope for
phase boundaries between pairs of structure types zircon-scheelite, zircon-monazite and mona-
zite-scheelite.

The phase boundary between zircon-type structures and scheelite-type structures is charac-
terized by Vs < Vi, and Sse < Sz, making AV and AS both negative, so that AV/ AS and,
therefore, dP/dT is positive; that is, the Clapyron slope is positive. Although the zircon-to-reidite
transition is not well known, the slope of the analogous phase boundary between zircon-type and
scheelite-type polymorphs of synthetic HoVO, is positive (Fig. 12), with the zircon-type poly-
morph stable at higher temperature and lower pressure than the scheelite-type polymorph (Stubican
and Roy 1963), consistent with our expectation.
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For the phase boundary between monazite-type and scheelite-type structures we can expect
Sseh > Smon @and Vo, > Ve, making AS positive but AV negative, so that dP/dT will be negative for
this phase boundary. This, too, is consistent with experiment. The P-T phase boundary between
the monazite-type and the scheelite-polymorphs of NdAsO, has a negative slope (Fig. 13), with
the scheelite-type polymorph stable at higher temperature and pressure (Stubican and Roy 1963).

The phase boundary between zircon-type and monazite-type structures has Vz. > Vo, and
symmetry suggests that Sz > Sy, making AV and AS both positive and, therefore, dP/dT posi-
tive. Of course, a well-known example of this phase boundary is that between thorite and huttonite,
which has a negative Clapyron slope (Dachille and Roy 1964), contrary to our expectation (Fig.
14). The unit-cell volume of huttonite is less than that of thorite, so it seems clear that AV is
negative. The negative Clapyron slope of the huttonite-thorite phase boundary, therefore, requires
that the molar entropy of huttonite be greater than that of thorite (AS > 0), which is counterintuitive
given that huttonite is the lower-symmetry phase. Zircon-type CeVO, also transforms to the mona-
zite-type structure at elevated temperature and pressure (Fukunaga and Yamaoka 1979); however,
the pressure and temperature dependence of this transformation is not known.

It seems notable that the room-temperature polymorph of synthetic ThGeO, adopts the scheelite
structure, transforming to the zircon-type structure above approximately 1100°C (Bayer 1972, Ennaciri
et al. 1986). This is consistent with HoVO, but in apparent contrast with the observed behavior of
ThSiO,, which has no known scheelite-type polymorph. Studies of the thorite-huttonite transition
have not been reported for pressures above 5 GPa (Dachille and Roy 1964), and whether huttonite
might transform to a scheelite-type polymorph at higher pressures (as for NdAsO,) is not known.

Experimental evidence from a variety of ATO, systems indicates that, for a given tempera-
ture, the polymorphic sequence with increasing pressure is Zircon — (Monazite) — Scheelite,
where the (Monazite) signifies that zircon-type polymorphs of many ATO, compounds transform
directly to the scheelite structure (this is, in fact, the more commonly observed transformation).
The polymorphic sequence at fixed pressure and increasing temperature is more ambiguous. The
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Figure 12. Plot of phase boundary between zircon-type and scheelite-type polymorphs of HoVO, reported
by Stubican and Roy (1963). Positive Clapyron slope is consistent with expectation (see text).
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Figure 13. Plot of phase boundary between monazite-type and scheelite-type polymorphs of NdAsO,
reported by Stubican and Roy (1963). Negative Clapyron slope is consistent with expectation (see text).
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Figure 14. Plot of phase boundary between thorite and huttonite from data reported by Dachille and Roy
(1964) (circles and diamonds). Squares correspond to synthesis temperatures at 1 bar reported by Taylor
and Ewing (1978) for thorite (hollow square 1100°C) and huttonite (filled square 1250°C). Estimated phase
boundary is drawn through 1215°C at 1 bar, which is within error of the equilibrium transition temperature
reported by Finch et al. (1964): 1225(10)°C. Negative Clapyron slope is contrary to expectation based on

changes in density and symmetry (see text).
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most likely polymorphic sequence at constant pressure and increasing temperature seems to be
Monazite — Scheelite — Zircon, based largely on the study of Stubican and Roy (1963); however,
the isobaric transformation Zircon — Monazite is also known (for ThSiO,, although the thorite-
huttonite transformation may be anomalous). Thus, for a given ATO, composition, the scheelite-
type structure is stable at the highest pressures and the zircon-type structure is apparently stable at
the lowest pressures. The monazite-type structure is stable at either low temperature and interme-
diate pressure or at low pressure and intermediate temperature.

This ambiguity in the relative position of the stability field for monazite-type structures, as
well as uncertainty about whether the thorite-huttonite phase boundary is representative of other
zircon-type-to-monazite-type transformations, present a significant problem when evaluating po-
tential pressure-temperature relationships among the three ATO, structure types. A schematic P-T
phase diagram, based on experimental results from different A70O, systems, helps to illustrate the
problem (Fig. 15). Figure 15 places the stability range of monazite-type structures at low tempera-
tures and intermediate pressures, making zircon-type structures stable at all temperatures for pres-
sures below the triple point. If the thorite-huttonite phase boundary is representative of analogous
phase boundaries in other ATO, systems, phase boundaries between zircon-type structures and
their higher-temperature polymorphs form an obtuse angle about the triple point, a violation of
thermodynamic principles (the same problem arises if we assume that monazite-type structures
are stable at high temperature and low pressure, upper left of diagram in Fig. 15, although this
choice is considerably more difficult to rectify with expected Clapyron slopes discussed above). It
appears that the thorite-huttonite phase boundary may well be anomalous among A7O, com-
pounds. Of course, Clapyron slopes for phase boundaries indicated in Figure 15 can change sig-
nificantly as a function of the ATO, system under consideration (possibly including whether they
are positive or negative), and the degree to which solid solution and impurities might shift phase
boundaries is unknown and potentially large. Additional high-pressure and high-temperature studies
of ATO, compounds, especially ThSiO,, ThGeO, and perhaps Th(Si,Ge)O, solid solutions, could
help clarify P-T relationships among zircon-, scheelite- and monazite-type structures.

zircon-type
structures

scheelite-type
structures

thorite-huttonite /
Expected /
Clapyron \ /

Slope (=0) /
/

Temperature =

monazite-type
structures

Pressure =

Figure 15. Hypothetical schematic phase diagram for ATO, compounds. Bold lines indicate phase boundaries
between selected pairs of zircon-, scheelite-, and monazite-type ATO, compounds discussed in the text. The
experimentally determined thorite-huttonite phase boundary is indicated. Also indicated is the expected positive
Clapyron slope of that phase boundary (dashed line) based on changes in density and symmetry (see text).
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Composition

Analyses of zircon commonly report trace amounts (or more) of P, Y, Hf, U, Th, and lan-
thanides (Hoskin and Schaltegger, this volume). Substitution of minor constituents into zircon has
been studied by several workers (Caruba et al. 1995, Hanchar et al. 2001a), and the potential role
of substitutions on the pressure dependence of the zircon structure was mentioned (van Westrenen
et al. 2003b). Structural strain imposed by impurities replacing Zr and Si in zircon may affect how
trace elements are incorporated into zircon (e.g., Brice 1975). Given the important role that zircon
has assumed in geochemical and chronological studies, a clearer understanding of structural changes
caused by substitutions may elucidate strain-imposed limits on trace-element substitutions (Hoskin
2000, Finch et al. 2001a, Hanchar et al. 2001b) and may lead to more predictive models for trace-
element substitution in zircon and other minerals (Blundy and Wood 1994, Allan et al. 2001,
Hanchar et al. 2001¢, van Westrenen et al. 2001).

Zircon is commonly enriched in Y and heavy lanthanides relative to light and middle lan-
thanides (Hinton and Upton 1991, Belousova et al. 1998, Hanchar et al. 2001a, Hoskin and
Schaltegger, this volume). REE-bearing zircon crystals commonly contain P, and owing to crys-
tal-chemical similarities between Y** and heavy REE?*, replacement of Zr** by REE® in zircon is
commonly explained by the coupled xenotime-type substitution, in which P** replaces Si**, main-
taining charge balance. Thus the ideal formula for xenotime-substituted zircon is REE Zr, P Si;.
<Oy, in which x indicates the mole fraction of the xenotime component. Implicit in the xenotime
substitution is the assumption that P>* replaces Si** at the tetrahedral site and REE replace Zr* at
the dodecahedral site.

If xenotime substitution is the only mechanism by which charge balance is maintained in
REE-substituted zircon, the atomic ratio REE:P must be unity. However, atomic ratios of REE:P
measured in natural and synthetic zircon crystals commonly deviate significantly from one (Hinton
and Upton 1991, Maas et al. 1992, Hoskin et al. 2000, Hanchar et al. 2001a), indicating a more
complex charge-balance mechanism (or multiple mechanisms). Natural zircon crystals may ex-
hibit charge-preserving substitutions besides, or in addition to, xenotime substitution, including
exchange of OH- groups for O* ions and coupled substitutions on the Zr site (Speer 1982a, Caruba
et al. 1985, Hinton et al. 2003). Moreover, some degree of solid solution can be expected between
zircon and the large number of isostructural zircon-group compounds discussed here.

A recent study of synthetic zircon crystals doped with REE and P revealed slight excesses of
Zr-site cations (Zr and REE) that correlate with slight deficits in Si-site cations (Si and P) (Hanchar
et al. 2001a) suggesting that minor Zr might substitute at the Si site (ionic radius of ™Zr is 0.59
A), which is supported qualitatively by single-crystal X-ray diffraction data (Finch et al. 2001a).
Examination of these same crystals by EXAFS confirmed that REE occupy the Zr site (Finch et
al. 2001b). No evidence for interstitial REE was found from either X-ray diffraction data (Finch et
al. 2001a) or X-ray absorption spectroscopy (Finch et al. 2001b).

Substitution of REE and P into zircon increases Zr-O bond distances and decreases Si-O
bond distances (Finch et al. 2001a), consistent with the expected xenotime substitution. With
increasing REE concentration, bond distances in substituted zircon crystals increase most sharply
for the short Zr-O bond, whereas the long Zr-O bond distance (Zr-O’) increases more gradually
(Fig. 16); however, both Zr-O bond distances display maximum strain for Er-doped zircon, de-
spite the fact that REE concentrations in Y and Yb crystals were greater than in Er-doped crystals.
This is explained by the decreasing radii of REE, so that heavy lanthanides and Y (HREE) are
increasingly compatible in the Zr site and, therefore, impart proportionately less strain in REE-
substituted crystals than do light lanthanides (Finch et al. 2001a). Because P is incorporated along
with REE (maintaining charge balance), the Si-O bond distance decreases monotonically as HREE
concentration increases (Fig. 16). Finch et al. (2001a) concluded that strain at the Si site, caused
by increased P substitution, explains the inability of zircon crystals to incorporate sufficient addi-
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Figure 16. Change in cation-oxygen bond lengths (relative to equivalent bond distance in Sm-doped
crystal) as a function of increasing REE in synthetic zircon crystals. Zr-O corresponds to the shorter Zr-O
bond length; Zr-O’ corresponds to the longer Zr-O bond length; “apfu” = atoms per formula unit; i.e., the
value of x in REE,Zr,_P,Si, O, (after Finch et al. 2001a).

tional P** to charge balance continued incorporation of REE, despite the increased compatibility
of HREE in the zircon structure. Strain induced by substitutions at both the Zr and Si sites in
zircon helps explain why complete solid solution between zircon and xenotime has not been
observed in synthetic crystals. By comparing analyses of natural zircons in xenotime-saturated
rocks with preliminary results from an experimental study, Tomaschek and Ballhaus (2003) esti-
mate that the apparent limit on xenotime substitution in zircon is approximately 10 mol % YPO,.

As noted previously, the only refineable atomic positional parameters in zircon are the frac-
tional coordinates of the O site: y and z. As REE and P increase in synthetic zircon crystals, the O
site shifts parallel to {100}, approximately along <012>. The O site shifts away from the two
neighboring Zr sites and towards (though not directly towards) the Si site, reflecting expansion of
the REE-substituted ZrOs dodecahedron and concomitant contraction of the P-substituted SiO,
tetrahedron. The observed shift in the O position in (REE+P)-doped zircon crystals trends in the
direction of O positions reported for pure synthetic xenotime-type REEPO, compounds (Ni et al.
1995) (Fig. 17). It would be instructive to dope xenotime-type REE orthophosphates with Zr and
Si (in addition to [REE+P]-doped zircon; e.g., Hanchar et al. 2001a, Tomaschek and Ballhaus
2003) in order to better constrain the extent of miscibility among these isostructural compounds.
It seems likely that strain introduced by the substitution (REE*),,(P*"),,(Zr*)_.(Si*),, is likely to
be the most important factor limiting solid solution between zircon and xenotime.
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INTRODUCTION

Zircon is the main mineral in the majority of igneous and metamorphic rocks with Zr as an
essential structural constituent. It is a host for significant fractions of the whole-rock abundance of
U, Th, Hf, and the REE (Sawka 1988, Bea 1996, O’Hara et al. 2001). These elements are important
geochemically as process indicators or parent isotopes for age determination. The importance of
zircon in crustal evolution studies is underscored by its predominant use in U-Th-Pb geochronol-
ogy and investigations of the temporal evolution of both the crust and lithospheric mantle. In the
past decade an increasing interest in the composition of zircon, trace-elements in particular, has
been motivated by the effort to better constrain in situ microprobe-acquired isotopic ages. Electron-
beam compositional imaging and isotope-ratio measurement by in sifu beam techniques—and the
micrometer-scale spatial resolution that is possible—has revealed in many cases that single zircon
crystals contain a record of multiple geologic events. Such events can either be zircon-consuming,
alteration, or zircon-forming and may be separated in time by millions or billions of years. In many
cases, calculated zircon isotopic ages do not coincide with ages of geologic events determined from
other minerals or from whole-rock analysis. To interpret the geologic validity and significance of
multiple ages, and ages unsupported by independent analysis of other isotopic systems, has been
the impetus for most past investigations of zircon composition. Some recent compositional investi-
gations of zircon have not been directly related to geochronology, but to the ability of zircon to
influence or record petrogenetic processes in igneous and metamorphic systems.

Sedimentary rocks may also contain a significant fraction of zircon. Although authigenic zir-
con has been reported (Saxena 1966, Baruah et al. 1995, Hower et al. 1999), it appears to be very
rare and may in fact be related to externally-sourced hydrothermal fluids. Sedimentary zircon is
predominantly derived from weathered igneous and metamorphic rocks. Detrital zircon in sedi-
mentary rocks and sediments is highly durable and records age information of crustal units that
contributed to the sediment load. In mature sediments where zircon may be one of a few, or the
only, remaining heavy-mineral, information on source-rock compositions is largely lost, and may
only be attainable through interpretation of zircon composition. The use of zircon trace-element
composition as a provenance indicator of detrital zircon—or xenocrystic zircon—will be reviewed
in this chapter.

This chapter reviews investigations on the composition of igneous and metamorphic zir-
con and its role in understanding the petrogenesis of such rocks. Hydrothermal zircon will also be
discussed, although there is presently little known about this potentially significant petrogenesis. A
growing data-base and understanding of zircon composition is directly related to advances in ana-
lytical technology and these are summarized next for where these technologies and techniques have
been applied to zircon analysis.
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Analytical techniques

Analytical techniques where a bulk sample of small crystals, separated from a large volume of
rock, are still often used for zircon compositional analysis (Gromet and Silver 1983, Mahood and
Hildreth 1983, Murali et al. 1983, Fujimaki 1986, Rupasinghe and Dissanayake 1987, Sawka 1988,
Heaman et al. 1990, Wiedenbeck et al. 1995). Such bulk techniques include instrumental neutron
activation analysis (INAA), isotope dilution thermal ionization spectrometry (ID-TIMS) and solu-
tion inductively coupled plasma mass spectrometry (ICP-MS). Minimum sample size ranges from a
few crystals to hundreds-of-milligrams and analyses, therefore, represent an “average” which may
include two or more internal structures or mineral and melt inclusions. Often, analyses of zircon by
INAA or TIMS have greater abundances of the REE (light REE in particular), Th, U, and possibly
Ca, Nb, Ta, and other elements, relative to in situ microprobe techniques (Fig. 1). For INAA analy-
ses this may be due to the presence of fission-derived light REE, but for most cases it is likely
related to the presence of inclusions which are commonly recorded for zircon (Gorz 1974, Chesner
1998, Thomas et al. 2002). In a study of the composition of a large cm-sized, gem-quality zircon,
Jain et al. (2001) attributed increased LREE, Nb, Y, Th, and U abundances relative to in situ analy-
ses of fractions of the same crystal to the presence of pyrochlore inclusions. Sano et al. (2002)
report anomalously high LREE abundances in their INAA and TIMS analyses due to the presence
of 1-5 um-sized apatite inclusions—their in situ microprobe analyses of the same zircon crystals
did not have anomalous LREE abundances. This chapter will concentrate on data obtained by in situ
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Figure 1. Chondrite-normalized plots of average zircon composition determined by in situ analysis (laser
ablation ICP-MS) and bulk sample solution analysis (ICP-MS). Chips of the same zircon were analyzed. The
difference between the two plots is due to unintentional analysis of clear, optically unobserved, mineral
inclusions in the solution analysis. This style of pattern (elevated LREE, loss of positive Ce anomaly) is
commonly observed for zircon analyses by bulk techniques and is not representative of the zircon composition.
Data from Jain et al. (2001).
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microprobe techniques where the reported data does not include accidental analysis of inclusions
as part of the zircon analysis.

The analysis of zircon in thin-section or grain-mount by a microprobe allows for data acquisi-
tion from texturally distinct areas within single crystals. Textural imaging using cathodoluminesence
(CL) or back-scattered electrons (BSE) is usually done prior to analysis. The electron microprobe
(EMP) remains the most common instrument for compositional analysis, but ion-beam and laser-
beam microprobe techniques are preferred above the EMP for trace-element analysis because of
better detection limits and analytical precision. Techniques for and accurate and precise trace-ele-
ment analyses of zircon by secondary ion mass spectrometry (SIMS) were first published in the late
1980s and early 1990s (Zinner and Crozaz 1986, Hinton and Meyer 1991, Hinton and Upton 1991,
Ireland and Wlotzka 1992, Maas et al. 1992). This technique requires high mass-resolution or rea-
sonably strong energy-filtering yet retention of high ion transmission. Analysis by SIMS, then,
requires a large ion-probe and for nearly two decades these were only accessible in a few laborato-
ries worldwide. Although the number of large ion-probe facilities has increased, the introduction of
stable plasma-based analysis has meant that rapid, high-quality isotope and trace-element data can
be acquired by a spatially resolved laser-beam microprobe. Early analyses of zircon by inductively
coupled plasma mass spectrometry (ICP-MS) with sample introduction by a laser-ablation (LA)
microprobe were published in the early and mid-1990s (Perkins et al. 1992, Jackson et al. 1992,
Feng et al. 1993, Hirata and Nesbitt 1995, Jeffries et al. 1996). Most of the earliest studies of zircon
using LA-ICP-MS focused on geochronology, attempting to develop the technology as an alterna-
tive to SIMS analysis. Hoskin (1998) was first to compare SIMS and LA-ICP-MS for zircon trace-
element analysis, concluding that the techniques were competitive in terms of accuracy and precision
(~5-15%), lower-limits of detection (sub-ppm for most elements), and maximum sample-surface
spatial resolution (10-50 wm). Laser-ablation sampling, which excavates a pit tens-of-micrometers
into the sample, may encounter inclusions which compromise data quality. SIMS data are much less
prone to accidental inclusion analysis. Focused soft (Shnyukov et al. 2002) and hard (Blagojevic et
al. 2000, Yusoff 2002) X-ray beams are also utilized for zircon compositional analysis and element-
distribution mapping. The advantage of synchrotron radiation in particular, is the high spatial resolu-
tion (10 wm) and detection-limits (ppm to sub-ppm) that can be used non-destructively on zircon
crystal interiors or surfaces.

ZIRCON AND IGNEOUS PETROGENESIS

Saturation, crystallization, occurrences and zoning of igneous zircon

Saturation and dissolution. Many workers refer to the ubiquity of zircon in crustal rocks and
indeed its occurrence is widespread. However, zircon is not ubiquitous as it does not occur in every
crustal rock; it is most common in igneous rocks of intermediate to Si-saturated composition and
least common in less saturated rocks. The relation between zircon saturation, crystallization and
melt composition was investigated by Watson (1979) and revisited by Watson and Harrison (1983).
The experimental saturation relation is most commonly used for the calculation of zircon saturation
temperatures for natural rocks, which are used to assess whether or not zircon was an early or late
crystallizing phase. An assessment of the use of saturation temperatures is given by Hanchar and
Watson (this volume). Dickinson and Hess (1982) determined from experiment that early zircon
saturation (at 1100°C) in lunar granites would require the granites to have a whole-rock Zr abun-
dance of 5000 ppm and late-stage lunar basalts to have 9000 ppm Zr. Given that these lunar rocks
have Zr abundances of about 200-1800 ppm, zircon would have saturated at ~1100°C after >99.9%
whole-rock crystallization. This precludes zircon crystallization as a significant influence on the
trace-element evolution of lunar magmas.

In zircon-undersaturated melts, zircon xenocrysts will dissolve. The kinetics of dissolution
have been determined experimentally in “granitic” melts of variable water content (Harrison and
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Watson 1983) and in halogen-bearing hydrous “granitic” melts (Keppler 1993, Baker et al. 2002).
Watson (1996a) modeled the dissolution of zircon in anatectic melts as a function of melt composi-
tion, water content and temperature, and concluded that only the largest crystals (>50-100 wm)
would survive crustal fusion and incorporation into a >2 wt % H,0, 750-850°C, zircon-undersatu-
rated melt. A 50-um diameter zircon would dissolve geologically instantaneously in an undersatu-
rated, water-bearing granite (Harrison and Watson 1983). The presence of halogens up to ~1.5 wt %
in the melt appears to have little affect on zircon dissolution kinetics or on Zr diffusion in the melt
once zircon is dissolved (Baker et al. 2002). This may relate to the observation that in synthetic
glasses Zr—F complexation does not occur (Farges 1996).

For some rock-types, such as intermediate S-type granites, it is common to observe multiple
dissolution textures preserved within zircon crystals indicating periods of zircon-undersaturation
followed by zircon-saturation in the melt (e.g., Vavra 1994, de la Rosa et al. 2002, Zeck and Will-
iams 2002). Such crystals preserve compositional information for the melt prior to and after disso-
lution and may, therefore, record a change in composition relatable to an event such as magma-mixing.

Grain-size and external morphology. Typical igneous zircon is between 20 and 250 pm in the
longest dimension with subhedral to euhedral face development. Larger mm-sized rare crystals are
reported in kimberlites and kimberlite-related rocks (MARID-suite xenoliths); these are usually
anhedral but can be subhedral (Kresten et al. 1975, Belousova et al. 1998, Hoskin 1998, Konzett et
al. 1998). Large cm-sized colorless “gem-quality” crystals are found in the Mud Tank carbonatite
(Hanchar and Hoskin 1998) although brown-colored imperfect crystals up to 30 cm-long from this
carbonatite are displayed at the Australian Museum in Sydney. Large, sometimes mm-sized, red-
colored zircons are reported from syenitic xenoliths in basalt, often associated with sapphire
(Sutherland et al. 1998, 2002; Guo et al. 1996, Upton et al. 1999). In a general sense, form develop-
ment and grain-size are dependent upon when zircon saturated in the crystallization history of a
rock. Small, often acicular crystals, may have formed due to local saturation at the edge of an early-
crystallizing phase (Bacon 1989), whereas early zircon-saturated melts tend to produce euhedral,
larger crystals with width-to-length ratios of about 1:2-1:4. Late-crystallizing zircon in plutonic
rocks tend to be anhedral because they have grown in the interstices between earlier-formed crystals
(Scoates and Chamberlain 1995). Rapidly crystallized zircon in volcanic rocks is characterized by
large width-to-length ratios (up to about 1:12) producing prismatic to acicular habits. Volcanic zir-
con, and sometimes plutonic zircon, can contain melt-trails that may be as long as the crystal itself
(Chiarenzelli and McLelland 1993, Bussy and Cadoppi 1996).

Zircon has a highly variable external morphology. Often crystals are faceted with combina-
tions of prism ({100} and {110}) and pyramid forms ({211}, {101} and {301}). Since the 1950s
there have been attempts to systematically relate zircon morphology to petrogenesis (Poldervaart
1955, 1956; Larsen and Poldervaart 1957, Pupin and Turco 1972a,b,c; Kostov 1973, Hoffmann
1981). A typologic scheme relating the relative development of crystal forms with temperature and
host-rock type was published by Pupin (1980) (the principal figure of that paper was reproduced as
Fig. 9 in Speer 1982). Although this scheme was initially widely accepted and is still used (e.g.,
Dabard et al. 1996), three subsequent and ongoing observations have seen it rarely used: (1) zircon
from a single rock and single age population can have widely varying morphologies; (2) zircon
from widely different rock-types can have similar to identical morphologies with no systematic
measurable differences despite claims to the contrary (see Fig. 9a of Wang et al. 2002); and (3) the
external morphology of a single crystal can change a number of times during a single growth event
(Fig. 2a) as a result of kinetic factors, such as diffusion rates and adsorption, which effect the growth-
rates of crystal faces and therefore control the morphology of a growing crystal (Dowty 1980, Vavra
1990, 1993).

Internal textures. A large number of internal textures are now described for igneous zircon as
aresult of the application of CL and BSE imaging (e.g., Ono 1976, Paterson et al. 1989, 1992; Vavra
1990, Koschek 1993, Hanchar and Miller 1993, Corfu et al., this volume). These techniques are
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Figure 2. (a) top row: cathodoluminescence image (left) of zircon from an adamellite revealing changes in
the external morphology (represented schematically, right) of the crystal during growth. After Hoskin (2000).
(b) bottom row: cathodoluminescence image of zircon from an intermediate alkali volcanic rock, northeast
Turkey. Both crystals exhibit well developed oscillatory and sector zoning as a result of heterogeneous trace-
element distribution.

applicable because of the heterogeneous distribution of elements in most zircon, particularly trace
elements. Oscillatory zoning, sometimes called growth zoning, occurs in many minerals (Shore and
Fowler 1996) and is the predominant texture of igneous zircon. Early workers considered oscilla-
tory zoning to be evidence that zircon crystallized over a long time period in a cooling magma (e.g.,
Silver and Deutsch 1963, Kohler 1970), yet saturation calculations and the inability to match zon-
ing profiles (stratigraphy) from crystal to crystal reveals that this is likely to not be true for many
zircon populations. Vavra, in the first of three classic studies (1990, 1993, 1994), used CL images of
oscillatory zoning patterns (OZPs) of oriented crystal sections and related the OZPs to the relative
growth velocities of crystal faces by delineating the boundary between different growth sectors (the
delineated sector boundaries were called “Gratbahnen” or ridge paths in English). It was concluded
that widely spaced OZPs, interrupted by surfaces of dissolution, represent a low degree of zircon-
saturation in the melt and narrowly-spaced uninterrupted OZPs represent higher degrees of zircon-
saturation (supersaturation). A method to quantify the growth-rate information of OZPs was developed
in the second study (Vavra 1993), where the growth-rates of individual crystal faces were normal-
ized to a reference face and plotted as a function of distance from a central point (representing zero
time). Application of this quantification method to granitoid zircon indicated that the influence on
the growth-rate of different forms can be attributed to either the degree of zircon-saturation or the
incorporation of trace-elements (Vavra 1994).

Zircon OZPs have also been quantified by fractal statistics. Quantification in this way uses
gray-scale data from CL images although derivation of statistical parameters varies (spectral analy-
sis and Fourier transform, the width method, wavelet analysis). Halden and Hawthorne (1993) cal-
culated the fractal dimension and Hurst exponent (H) of the OZP of a carbonatite zircon, finding H
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to be in the range 0.34-0.42. Mathematically, this characterizes the OZP as “antipersistent,” mean-
ing that during crystal growth the growth-surface has a tendency to accept CL-emitting elements
(the rare-earth elements, REE; Remond et al. 1992, Hanchar and Rudnick 1995) and then reject
them: Halden et al. (1993) showed for the same crystal, that the oscillatory zoning correlated with
significant variations in trace-element abundances. Hoskin (2000) and Fowler et al. (2002) also
determined antipersistent H values; zircon from an I-type pluton in southeast Australia have H
values averaging 0.44 (Hoskin 2000) and the large (~1.5 cm-long) zircon studied by Fowler et al.
(2002) has H values ranging 0-0.11. The data of Fowler et al. (2002) fall outside of the H value
range reported for other mineral species (0.25-0.45; Holten et al. 1997) possibly because the zircon
megacryst formed from a brine and not a silicate melt (Fowler et al. 2002, p. 314).

The origin of oscillatory zoning in zircon probably involves a kinetic feedback mechanism
operating at the crystal/melt interface. Evidence for processes operating at distance from that inter-
face, even system-wide processes, is provided by large-scale harmonic zones that are broadly
correlatable from crystal to crystal (Fowler et al. 2002) and the correlation between the Lyapounov
exponent (A), a fractal statistic, and NBO/T (Hoskin 2000). This correlation was interpreted by
Hoskin (2000) to be due to ordering in the melt by polymerization. A data-constrained model was
presented, where the oscillatory distribution of trace elements in zircon is controlled by dynamics at
the zircon/melt interface involving cation substitution, diffusion, and melt polymerization and struc-
ture generation.

Sector zoning is also a dominant feature of igneous zircon. The texture is typical for volcanic
zircon (Fig. 2b), but is also a common feature of plutonic zircon (Vavra 1990, Hanchar and Miller
1993, Benisek and Finger 1993) (Fig. 2a) despite slow growth-rates on the order of 10° to 10"'* cm/s
and the expected attainment of equilibrium partitioning. Watson and Liang (1995) formulate a quan-
titative model for development of sector zoning in slowly grown crystals such as plutonic zircon
(and metamorphic zircon). The model describes the disequilibrium uptake of trace elements as a
function of crystal growth-rate and was applied in another study (Watson 1996b) specifically to
zircon and surface enrichment of trace-elements during growth. Watson and Liang (1995) show that
when surface enrichment occurs, trace-elements are entrapped by a relatively fast growing surface
and that re-equilibration with the melt will not be achieved because the growth-rate is much faster
than the sluggish intracrystalline elemental diffusivities (3+ cations, Cherniak et al. 1997a; 4+ cat-
ions, Cherniak et al. 1997b). These workers suggest that all zircon may be sector zoned and that we
fail to detect all occurrences.

Major-element composition of igneous zircon

Zircon is zirconium orthosilicate, ZrSiO,, and has a stoichiometric composition of 67.2 wt %
ZrO, and 32.8 wt % SiO,. The structure of zircon, as discussed by Finch and Hanchar (this volume),
contains two cation sites; the 4-coordinated Si-site and the distorted 8-coordinated Zr-site. Both Si
and Zr are tetravalent and have ionic radii of 0.84 A and 0.26 A, respectively. Although other
minerals have a zircon-structure (e.g., xenotime, thorite and coffinite) none of these exhibit exten-
sive solid solution with zircon, and only hafnon (HfSiO,) and zircon have complete solid-solution
(Ramakrishnan et al. 1969, Hoskin and Rodgers 1996). The extent of this solid solution in natural
zircon is typically restricted although variation of the Zr/Hf ratio in zircon away from the chondritic
value of ~37 is common. A compilation of published Hf values in zircon up to 1969 by Ahrens and
Erlank (1969) showed a range in HfO, values from ~0.7-8.3 wt % with a mean of 2.0 wt %. Large
variation above and below this 1969 mean value has now been reported as shown by the following
examples (all values given here are wt % HfO,): meteoritic zircon, 1.08-1.45% (Ireland and Wlotzka
1992); lunar zircon, 1.18% average (Wopenka et al. 1996); carbonatite zircon, Finland, 0.98% (Halden
et al. 1993); diorite, China, ~1-3% (Wang et al. 2002) and from Chile, up to 1.65% (Ballard et al.
2002); granodiorite zircon, Chile, as low as 0.15% (Ballard et al. 2002); granite zircon, California,
1.78-3.17% (Wark and Miller 1993) and from the Czech Republic, up to 12.3% (Uher et al. 1998);
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rhyolite zircon, Bishop Tuff, 1.04-1.29%; aplitic zircon, California, 5.17% (Wark and Miller 1993);
granitic pegmatite zircon, Slovakia, 1-22% (Uher and Cerny 1998) and from Brazil, 0.89-0.95%
(Halden et al. 1993); syenite zircon, Canada, 0.74-1.05%. The differentiation of Zr and Hf can be so
pronounced as to produce zirconian-hafnon and hafnon (Correria Neves et al. 1974) and Zr/Hf
ratios ranging 0.03-0.08.

Hoskin et al. (2000) analyzed zircon from all compositional zones within a zoned I-type plu-
ton. The HfO, abundance in these zircon range 0.39-3.98 wt % (only 5 of 45 analyses are >3 wt %)
and the mean of 2.4 wt % is close to the 2.0 wt % mean of Ahrens and Erlank (1969). These data and
those of Hoskin and Ireland (2000) were suggested by Belousova et al. (2002) to be inaccurate on
the basis of a comparison with only four other published studies and a selected set of data from
Hoskin et al. (2000) and Hoskin and Ireland (2000). It was claimed by Belousova et al. (2002) that
these HfO, values are “...generally much higher than those reported by other studies.” (p. 618).
This claim is not valid and is unsupported by a survey of the literature and even their own data. For
example, Belousova et al. (2002) and Guo et al. (1996) report HfO, values for nepheline-syenite zircon
up to 3.3 wt %, granitoid zircon up to 3.6 wt % and zircon inclusions in corundum up to 3.8 wt %.

Given that the most Hf-enriched zircon occur in evolved rock-types, it appears that the Hf
abundance of zircon increases with magmatic differentiation. In a broad sense, this is observed for
intrusive rocks from the McMurry Meadow pluton, California (Sawka 1988), the Sweetwater Wash
pluton, California (Wark and Miller 1993) (Fig. 3), and the Boggy Plain Zoned Pluton, Australia
(Hoskin et al. 2000). The fractionation of Zr and Hf in zircon-crystallizing melts was shown experi-
mentally by Linnen and Keppler (2002) to be related to the Zr/Hf activity coefficient ratio in the
melt, such that fractional crystallization of metaluminous and peraluminous granitic melts will de-
crease the Zr/Hf ratio of the residual melt and increase the abundance of HfO, in zircon.
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Figure 3. Hafnium (wt %) variation in zircon populations from the Sweetwater Wash pluton, southeastern
California, U.S.A. Each data point is an analysis of a single crystal, or the mean of multiple analyses on a
single crystal. Columns of data points represent the spread of Hf abundance in a single zircon population. Data
from Wark and Miller (1993).
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Trace-element composition of igneous zircon

A large number (~20-25) of trace elements are reported for zircon from in situ microprobe
analyses (electron, laser, ion and proton beam techniques). In addition to Hf and Y (which for some
zircon can be considered a minor-element, 0.1 <Y (wt %) < 1.0) the elements in greatest abundance
are the rare-earth elements (REE), P, U and Th. Elements are substituted into zircon either by simple
or coupled substitution mechanisms (general form: element = substituted element, where “ =~
means substitutes for):

Simple substitution mechanisms:

Hf* = Zr* @)
(U*, Th*, Ti**, Sn*) = Zr* (ii)
(OH), = SiO, Frondel (1953) (iii)

Coupled substitution mechanisms:
(A) At one site structural site:

(Y,REE)* + (Nb,Ta)* = 2 Zr** Es’kova (1959) (iv)
(B) At two structural sites:

(Y,REE)* + P> = Zr* + Si** Speer (1982) )

Sc* + P = Zr* + Si+* Halden et al. (1993) (vi)

M™ + n(OH) + (4—n)H,0 = Zr* + (SiOy* Caruba and Iacconi (1983) (vii)

where M is a metal cation and # is an integer.

(C) At an interstitial site:
(Mg,Fe) %, + 3 (Y,REE)** + P> =3 Zr** + Si** Hoskin et al. (2000) (viii)
(AL Fe)¥, + 4 (Y,REE)* + P** =4 Zr* + Si*  Hoskin et al. (2000) (ix)

The dominant mechanism for trace-element substitution in zircon is the “xenotime” substitu-
tion mechanism (mechanism v, above). However, the common occurrence of REE (mol %) in ex-
cess of P (mol %) in natural zircon, and also synthetic zircon, indicates that other mechanisms also
operate (Romans et al. 1975, Speer 1982, Hinton and Upton 1991, Hanchar et al. 2001). Hoskin et
al. (2000) argued that interstitial Mg?, Fe?*, Fe**, and Al** in particular, could easily provide charge-
balance for REE substitution greater than that allowed for by P substitution. They suggested two
“xenotime-type” mechanisms (mechanisms viii and ix, above) and calculated that for their zircon
an average abundance of only 380 ppm interstitial Al is required to provide charge-balance. A simi-
lar mechanism involving interstitial Li or Mo may have operated to charge-balance the REE-doped
synthetic zircon of Hanchar et al. (2001). Other possible mechanisms for REE substitution include
coupling with pentavalent Nb and Ta (mechanism iv, above) or by protonation of O* ions of (SiO,)*
groups. The incorporation of water and hydroxyl into zircon is possible by mechanism (vii) al-
though hydroxyl groups are probably the only hydrous species incorporated into igneous zircon
during crystallization (Nasdala et al. 2001). Electrostatic neutrality could be maintained by O*
vacancies, although static O-site vacancies are energetically unfavorable (Crocombette 1999,
Williford et al. 1999) and are unlikely to persist in the zircon structure.

REE and Y abundance of igneous zircon. In the following discussions the REE will be grouped
as follows: light REE (LREE), La—Pr; middle REE (MREE), Nd—Gd; and heavy REE (HREE), Tb—
Lu. All ionic radii are from Shannon (1976). The 0.84-A radius of the ®Zr* ion is most closely
matched by the smaller-radii HREE (e.g., ®'Lu*, 0.977 A) than the larger LREE (e.g., ®La*, 1.160
A) such that the trivalent LREE are generally incompatible in the zircon structure. The absolute
abundances of the LREE in igneous zircon are sub-ppm to ppm-level. This generality does not hold
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for the element Ce which can be both trivalent and tetravalent; ®'Ce* has an ionic radius of 0.97 A,
close to Lu, and like the HREE, Ce is abundant in zircon. Hoskin (1998) reported Ce abundances in
zircon from MARID xenoliths from South Africa, range 3 to 160 ppm, which almost span the range
of Ce abundances reported for all other zircon occurrences (e.g., Hinton and Upton 1991, Barbey et
al. 1995, Guo et al. 1996, Hoskin et al. 2000, Poller et al. 2001, Ballard et al. 2002, de la Rosa et al.
2002, Sano et al. 2002). Most analyses of igneous zircon report Ce abundances less than about 50
ppm. Where the abundance is significantly greater there is usually some question as to the provenance
of the zircon, e.g., an inherited core (Griffin et al. 2002) or a metamorphic xenocryst (Hidaka et al.
2002). Cerium abundances in lunar and meteoritic zircon are characteristically very low (<1-7 ppm;
Hinton and Meyer 1991, Ireland and Wlotzka 1992, Snyder et al. 1993, Wopenka et al. 1996).

In rocks with mantle affinity, zircon has a characteristically low total REE abundance. Belousova
etal. (1998) in a study of kimberlitic zircon from southern Africa, documents total REE abundances
(ZREE) of about 5-39 ppm and Y in the range 11-74 ppm (Table 1). Hoskin and Ireland (2000)
analyzed zircon megacrysts from the Jwaneng kimberlite which have XREE up to 12 ppm and Y up
to 23 ppm. MARID suite zircon is relatively more enriched with ZREE averaging 640 ppm and Y
895 ppm. Carbonatite zircons also have generally low XREE and Y abundances (Table 1). Zircon
from crustal rocks have highly variable XREE abundances that vary from as low as ~250 ppm to as
high as 5000 ppm and typically contain an average between 1500 and 2000 ppm. The abundances
for zircon from the Syros ophiolite and Blind Gabbro, Australia, are relatively high and may relate
to late-stage zircon saturation and growth in interstitial melt-pools that were highly enriched in the
REE. Yttrium abundances vary similarly in crustal zircon and range from tens-of-ppm up to ~5000
ppm. Zircon associated with corundum-bearing xenoliths can be very enriched and contain XREE +
Y up to 1.3 wt % (Guo et al. 1996; Table 1). These represent some of the most enriched, albeit rather
uncommon, igneous zircon analyzed by in situ techniques. Generally, zircon contain less than 1 wt
% YXREE + Y and analyses containing significantly higher abundances almost certainly represent
altered zircon or accidental analysis of inclusions.

A characteristic feature of most zircon is large intra-grain and inter-grain population composi-
tional variation. Inter-grain order-of-magnitude variation of U and Th has long been observed dur-
ing isotopic analysis of zircon populations (e.g., Black et al. 1986, Chen and Williams 1990) and
large variations are also typically observed for the REE and Y. For example, plagiogranite zircon

Table 1. Rare-earth element and Y abundances of igneous zircon.

Lithology, rock name, source >REE (ppm) Y (ppm) Reference
Vaca Muerta mesosiderite 10-719 - Ireland & WIlotzka (1992)
Lunar, granite 1724 - Hinton & Meyer (1991)
Lunar, granite breccia 735-1105 - Snyder et al. (1993)
Lunar, monzodiorite breccia 464-1404 776-2660 Wopenka et al. (1996)
Kimberlite 5-39 11-74 Belousova et al. (1998)
up to12 up to 23 Hoskin (1998)
MARID suite 640 av. 895 av. Hoskin (1998)
Mud Tank carbonatite 26 av. 43 av. Hoskin (1998)
Phalaborwa carbonatite 260 1000 Hoskin & Ireland (2000)
Silinjarvi carbonatite ~11 - Halden et al. (1993)
Syros ophiolite 2952 av. 4437 av. Hoskin & Ireland (2000)
Blind Gabbro 2780 av. 5184 av. Hoskin & Ireland (2000)
Mawson igneous charnockite 986 av. 1497 av. Hoskin & Ireland (2000)
Chilean diorites-granodiorites ~1500 up to ~4000 Ballard et al. (2002)
SE Australian diorite-aplite 250-3232 996-5514 Hoskin et al. (2000)
Torihama dacite 1180 - Sano et al. (2002)
Manaslu granite and leucosomes up to ~4000 up to ~4000 Barbey et al. (1995)
Carpathian granitoids 340-4205 up to ~5000 Poller et al. (2001)
Manila plagiogranite 1216 av. 1615 av. Hoskin & Ireland (2000)
Anorthoclase-rich xenolith up to 1813 up to 2455 Hinton & Upton (1991)
Corundum-bearing syenite 3505 4194 Hinton & Upton (1991)
Inclusions in corundum 383-5011 up to 8456 Guo et al. (1996)
Inclusions in corundum, Laos 3321-5785 3966-6275 Sutherland et al. (2002)

av. = mean value of multiple analyses.
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from eastern Australia has Y abundances ranging from 399 to 3506 ppm (Hoskin and Ireland 2000)
and Himalayan granitic leucosome zircon (sample MB301L) has Yb values ranging from 409 to
2215 ppm (Barbey et al. 1995). Poller et al. (2001) measured Y abundances in granitoid zircon
(sample 1053 excluding cores) ranging from 500 to 4534 ppm and also reported near order-of-
magnitude variation of REE and Y within an oscillatory zoned region of a single crystal (crystal
1032-8; analysis 1: ZREE 328 ppm, Y 442 ppm; analysis 2: XREE 2830 ppm, Y 3420 ppm).

Inter-laboratory and inter-technique data-quality monitoring has been facilitated by the intro-
duction of an internationally-available zircon REE standard called 91500 (Wiedenbeck et al. 1995).
The standard contains about 300 ppm of REE + Y. Pieces of the standard are derived from an
originally large megacryst from Ontario, Canada, although its original lithology is uncertain (op.
cit., p. 2). Published REE analyses of 91500 chips are few at present, although there is reasonable
agreement between analyses from different laboratories using different techniques and data-treat-
ment procedures (Table 2) such that 91500 should continue to be used as a primary or secondary
standard.

REE patterns of igneous zircon. Zircon REE abundances are typically normalized to C1-
chondrite values (e.g., McDonough and Sun 1995) and plotted on log,, versus element (La—Lu)
diagrams (Fig. 4). Relative to chondrite values, lunar and terrestrial zircon are HREE enriched and
LREE depleted. The normalized pattern is characterized by a steeply-rising slope from the LREE to
the HREE with a positive Ce-anomaly and negative Eu-anomaly (Figs 4d-g, i, j). This style of
pattern is characteristic for unaltered igneous zircon. Normalized element ratios are a measure of
the steepness of the REE pattern; the greater the (Sm/La)y ratio, the steeper the LREE portion of the
pattern and the greater the (Lu/Gd)y ratio, the steeper the HREE portion of the pattern (refer Fig. 4
with Table 3). These ratios are limited, however, and do not measure potentially useful petrogenetic
information such as the degree of curvature in the HREE pattern of some zircon populations (Fig.
4e; both populations have (Lu/Gd)y ratios of 44, yet have different HREE concavity).

Compared with chondritic abundances, most zircon have LREE abundances typically less
than 10'x chondrite, La usually much lower, although Ce is characteristically between 10" and 10%x
chondrite. The MREE range from 10° to 10°x chondrite and the HREE typically range between
10°x and 10*x chondrite (Fig. 4).

The abundance of Zr in meteorites ranges <4 ppm (chondrites) to 70 ppm (eucrites) and zircon
has only been reported for a few occurrences. Ireland and Wlotzka (1992) were first to report in situ
analyzed REE abundances and patterns of zircon from two meteorites, the Vaca Muerta mesosiderite

Table 2. Rare-earth element and Y composition of standard zircon 91500 (ppm +10)*.

Element Wiedenbeck' Nesbitt? Hoskin® Belousova* Sano®

n 1-6 10 17t 4 5-6**

Y 160 + 23 147 £ 22

La 0.003 0.04 £ 0.03 0.01 £ 0.01
Ce 2.0+0.1 2.14 25+0.2 25+0.5 26104
Pr 0.01 0.03 £ 0.02 0.04 £ 0.02
Nd 0.4 0.25 0.3+0.1 0.30 £ 0.06
Sm 0.3 0.50 0.4+0.1 0.4+0.2 0.28 £ 0.08
Eu 0.26 + 0.07 0.23 0.22 + 0.01 0.4+0.2 0.19 £ 0.07
Gd 1.9+0.1 2.38 20+04 21+04 1.6+04
Tb 0.83 0.86 + 0.06 0.8+0.2
Dy 8.0+£0.1 10.8 11.03 £0.06 12+2 12+3
Ho 4.4 4.8+0.3 49+0.7 5+1

Er 20.4+£0.8 24.2 25+2 26+4 29+6
Tm 6.4 6.6+0.4 8+2
Yb 57 +17 69.7 65+ 2 66+7 77 +18
Lu 12.4+0.9 12.6 13+2 14+2 17+4
YREE 103+ 134 132 128+ 154

* A blank entry denotes element not analyzed for or below the limit of detection.

** Uncertainty is given as + 2c; n = the number of analyses contributing to mean REE and Y values.

1 Includes SIMS and LA-ICP-MS data.

1. Weidenbeck et al. (1995); 2. Nesbitt et al. (1997); 3. Hoskin (1998); 4. Belousova et al. (2002); 5. Sano et al. (2002).
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Figure 4. Compilation of REE patterns for meteorite, lunar and terrestrial zircon. (a) meteorite zircon from
the Vaca Muerta mesosiderite and the H5 chondrite Simmern (Ireland and Wlotzka 1992); (b) lunar zircon
from the Apollo 14 landing site (Hinton and Meyer 1991, Snyder et al. 1993); (c) kimberlite and carbonatite
zircon (Hoskin and Ireland 2000); (d) zircon from Blind Gabbro, Australia, and Mawson igneous charnockite,
Antarctica (Hoskin and Ireland 2000); (e) ophiolite and plagiogranite zircon (Hoskin and Ireland 2000);
(f) zircon from two zones, diorite and aplite, of the Boggy Plain Zoned Pluton, BPZP (Hoskin et al. 2000);
(g) Torihama dacite pumice, Japan (Sano et al. 2002); (h) zircon from sample NL102 of the Manaslu granite,
Tibet (Barbey et al. 1995); (i and j) zircon from the Chuquicamata West porphyry and Los Picos diorite, Chile
(Ballard et al. 2002); (k) zircon from corundum-bearing syenitic xenoliths, Elie Ness and Ilmen syentie (Hinton
and Upton 1991); (1) Hadean zircon (4.0-4.15 Ga) from Jack Hills metaconglomerate W74, Australia (Peck et
al. 2001). All data are replotted from the original source and normalized to the chondrite values of McDonough
and Sun (1995).
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Figure 4.—Continued.

and the HS chondrite Simmern. The REE pattern of zircon from Simmern (Fig. 4a and Vaca Muerta
1, not shown) is HREE enriched like unaltered terrestrial igneous zircon and apart from Tm and Yb,
it increases regularly and steeply [(Lu/Gd)y = 169] from the MREE to the HREE. The similarity of
the REE pattern to that of refractory inclusions in the Allende meteorite (Kornacki and Fegley
1986) indicates that the Simmern zircon pattern is an unusual mixture of igneous and volatility-
influenced patterns. In contrast, Vaca Muerta zircon 2 formed very early in the evolution of the
Solar System (at 4563115 Ma) from an igneous melt. The REE pattern of this zircon is HREE
enriched relative to the LREE, although the LREE are enriched (~10*x chondrite) compared to
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Table 3. Characteristic ratios of chondrite-normalized zircon REE patterns of Figure 4.

Ratio** Vaca Muerta Simmern Lunar/ Phalaborwa Mud Tank Jwaneng
zircon 2 Apollo 14 carbonatite carbonatite kimberlite
Figure 4 a a b c c c
n 1 1 1 1 16 4
(Sm/La)y 1.3 0.4 4.8 164 11.3 38
(Lu/Gd)y 4.6 169 45 15 9.3 1.4
Ce/Ce* 0.9 1.3 0.6 49 3.7 13
Eu/Eu* 0.2 21 0.1 0.4 1.0 1.0
Ratio** Blind Mawson ig. Syros Manilla BPZP BPZP
Gabbro charnockite ophiolite plagiogranite diorite aplite
Figure 4 d d e e f f
n 8 10 8 7 7 4
(Sm/La)n 153 236 547 920 119 57
(Lu/Gd)y 16 19 44 44 27 38
Ce/Ce* 20 79 82 20 39 40
Eu/Eu* 0.2 0.2 0.3 0.9 0.2 0.3
Ratio** Torihama Manaslu Chuquicamata Los Picos Elie Ness Jack Hills
dacite granite W. porphyry diorite xenolith zircon
Figure 4 g h i j k |
n 6 13 10 9 6 8
(Sm/La)y 306 33 145 653 165 18
(Lu/Gd)y 74 - 47 19 17 35
Ce/Ce* 132 - 230 87 31 8.0
Eu/Eu* 0.3 0.3 0.4 0.1 0.9 0.2

1 Chondrite normalizing values from McDonough and Sun (1995). Cey indicates the element has been normalized; (Sm/La)y
indicates that the elements where normalized prior to division.
n = the number of analyses contributing to mean.

Ce
—_—
** Anomalies were calculated in this manner; for example Ce/Ce* = ’(La 3Pr)
N N

unaltered terrestrial igneous zircon.

Lunar zircon have fairly steeply increasing patterns from the LREE (10'x chondrite; (Sm/La)y
=4.8) to the HREE (10°x to 10°x chondrite; (Lu/Gd)y = 45) and a pattern that, in general, is similar
to terrestrial igneous zircon (Fig. 4b; see also Wopenka et al. 1996). A major difference, however, is
that lunar zircon generally do not have a positive Ce-anomaly. The zircon described by Hinton and
Meyer (1991) does have a Ce-anomaly but was found in an unusual oxidized granite that contains
significant amounts of Fe,0; and WO; (Meyer and Yang 1988).

A number of studies have shown that mantle-affinity zircon have REE patterns distinctively
different from crustal-affinity zircon (Heaman et al. 1990, Belousova et al. 1998, Hoskin 1998,
Hoskin and Ireland 2000). Zircon from kimberlite, MARID suite xenoliths (Hoskin 1998, Konzett
et al. 1998) and the Mud Tank carbonatite (Currie et al. 1992, Hanchar and Hoskin 1998) (Fig. 4c)
have HREE enriched patterns (10'X to 102x chondrite) with no significant Eu-anomaly (Eu/Eu* =
1.0, i.e., no anomaly on average, Table 3) and relatively flat HREE patterns ((Lu/Gd)y = 1-10). The
exception to this is zircon from the Phalaborwa Complex carbonatite although its provenance may
be silicic selvedges within the carbonatite (Hoskin and Ireland 2000, p. 629).

The REE patterns for continental crustal zircon populations from rock-types ranging igneous
charnockite, gabbro, diorite, dacite, granite and aplite are given in Figures 4d-j. The patterns are
generally similar with HREE abundances increasing from ~10? (Tb) to 10* (Lu) times chondrite,
(Sm/La)y ranging 57-547 and (Lu/Gd)y ranging 16-74. The low (Sm/La)y value of 33 for Manaslu
granite zircon is likely to be an artifact of analytical error because the patterns generally lack a
positive-Ce anomaly which is observed for all other terrestrial zircon. Similarly, the very high (Sm/
La)y value of 653 (Table 3) for Los Picos diorite zircon may be a result of underestimated La
abundances.

Zircon from the Elie Ness and Ilmen syenite xenoliths are similar to other reported occur-
rences of corundum-associated zircon (Sutherland et al. 2002) in that they lack a negative Eu-
anomaly, yet differ in this respect to other occurrences (Guo et al. 1996, Sutherland et al. 1998,
2002). Corundum-associated zircon tends to be more enriched than typical crustal zircon although
the overall REE pattern (Fig. 4k) and normalized element ratios (Table 3) are not unusual.
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Figure 41 is a series of REE patterns from early Archean (Hadean 4.0-4.15 Ga) zircon from Jack
Hills metaconglomerate W74, Australia. These crystals are interpreted to have crystallized from an
evolved granitic magma (Peck et al. 2001). Nearly identical REE patterns from the oldest recog-
nized terrestrial mineral, zircon grain W74-2/36, also from Jack Hills, are likewise suggested to be
of primary igneous origin, inherited from a silica-saturated granitic magma. These zircon crystals
have been proposed to preserve evidence for a differentiated crust and liquid oceans on the very
early Earth (Wilde et al. 2001, Valley et al. 2002). Zircon from W74 has a (Lu/Gd)y value (35) that
falls within the range observed for zircon from continental crust rock-types (Table 3) although the
(Sm/La)y value of 18 and Ce/Ce* value of 8.0 are most similar to mantle-affinity zircon ((Sm/La)y
=11.3-38, Ce/Ce* = 3.7-13). The Hadean zircons are LREE enriched. Abundances range from ~10"x
to >10'x chondrite. Peck et al. (2001) noted that these abundances are “...unusually high compared
to REE concentrations...” (p. 4225) in typical crustal zircon, but noted that they “...are similar to
LREE enrichment seen in late zircons from ~400-Ma aplitic rocks...” (p. 4225) from the Boggy
Plain Zoned Pluton. Indeed this observation is correct, yet Wyborn (1983), Hoskin et al. (1998) and
Hoskin (1999) demonstrated with textural, isotopic and trace-element data that those “late zircons”
are most likely of a hydrothermal origin and did not crystallize from a magma. The observation of
LREE enrichment in early Archean zircon cannot be used as evidence in support of a Hadean
differentiated crust.

Ce and Eu anomalies of igneous zircon. Anomalous abundances of Ce or Eu, usually both,
are a feature of all igneous zircon. Accurate and precise in situ data reveal that where anomalous
abundances occur, the sense of the anomaly is always the same; Ce is always in greater abundance
and Eu is depleted. Most zircons have both a positive Ce-anomaly and negative Eu-anomaly, but
not all (e.g., Jwaneng kimberlite and Mud Tank carbonatite zircon, Fig. 4c; MARID suite zircon,
Hoskin (1998), Fig. 5 therein). The magnitude of the anomalies are expressed as Ce/Ce* and Eu/
Eu* ratios where Ce* and Eu* are the expected values for a smooth normalized pattern. These ratios
are calculated according to the expression given in Table 3. Values of Ce/Ce* vary upward from 1.0
(lower values represent analytical artifacts or are in agreement with a value of 1.0 within analytical
uncertainty) and Eu/Eu* varies between 1.0 (no anomaly) and zero.

Murali et al. (1983) first documented positive Ce-anomalies in zircon from Indian beach sands
and a syenite and attributed it to the presence of Ce* in the crystallizing magma. Schreiber et al.
(1980) suggested on the basis of Ce**/Ce*, Eu**/Eu? and Fe*/Fe** vs. fO, relations that Ce** cannot
exist in magmas as it is reduced by Fe?**, yet a small fraction of the Ce present can be tetravalent and
on the basis of ionic charge and radius is compatible in zircon (Hinton and Upton 1991). Assuming
equilibrium partitioning, the magnitude of the Ce-anomaly will be governed by the abundance of
Ce** in the melt and this is related to the Ce*/Ce* ratio which is a function of oxygen fugacity. The
small to non-existent Ce-anomalies in meteorite, lunar and mantle-affinity zircon (Fig. 4; Table 3) is
consistent with their formation under reducing conditions and the “universal” and sometimes very
large Ce-anomaly in crustal zircon is consistent with crystallization under variable yet relatively
oxidized conditions.

Europium may exist in magmas as both a divalent and trivalent cation. The magnitude of the Eu-
anomaly, like the Ce-anomaly, may be redox sensitive. If under oxidizing magma conditions all Eu is
trivalent, the resulting normalized zircon REE pattern should not have a Eu-anomaly. However, under
fO, conditions where Eu?* is stable, a negative Eu-anomaly is expected because of the relative incom-
patibility of the large ®'Eu?* ion (1.25 A) relative to ¥'Zr** (0.84 A). Because all Eu should be trivalent
under all conditions where Ce* is stable (Robie et al. 1979, Hanchar et al. 2001), a negative Eu-
anomaly is not expected for crustal zircon. This consideration results in a paradox where the presence
of a positive Ce-anomaly indicates oxidized magma conditions and a co-existing negative Eu-anomaly
indicates reducing conditions. Previous discussion of this paradox lead Maas et al. (1992) to conclude
that fO, is not the only factor controlling Ce*/Ce** and Eu*/Eu*" in magmas.

This paradox may be explained by plagioclase fractionation which depletes Eu from the magma
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prior to or during zircon crystallization (Snyder et al. 1993, Hoskin 1998, Hoskin et al. 2000). The
Eu-anomaly in zircon, then, is both inherited from the Eu-depleted melt as well as being influenced
by fO,. This explanation may prove to only be one part of the paradox explanation and it may be
that under some fO, and compositional conditions Eu?* and Ce** can co-exist, or that redox reac-
tions at the zircon/melt interface influence the oxidation state of Ce.

A systematic relation between zircon Ce and Eu-anomalies, the oxidation-state of a suite of host
rocks and their age has been demonstrated for the first time by Ballard et al. (2002). In this study of
zircon from barren and Cu-mineralized intrusive rocks from Chile, the Ce*/Ce’* ratio was calculated
using a lattice-strain model for zircon/melt partitioning of Ce* and Ce*". These workers found that
Ce*/Ce* and Eu/Eu* ratios varied systematically in time and with compositional evolution of the
intrusive suite. The greater variation was found for the Ce*/Ce* ratio (Fig. 5). In general, Ce*/Ce**
and Eu/Eu* in the Chilean zircon—and by inference, magmatic oxidation-states—increased from
older mafic host rocks to younger felsic rocks. For this suite of rocks, Cu-mineralization is associ-
ated with zircon populations having average Ce*/Ce** ratios >300 (i.e., Ce/Ce* >70) and Ew/Eu*
>0.4 (e.g., the Chuquicamata West porphyry, Table 3). A similar temporal relation with Ce/Ce* and
Eu/Eu* was observed for igneous zircon populations preserved in Palaeoproterozoic paragneisses
in Japan, although the trend is opposite from that found by Ballard et al. (2002) and Ce/Ce* and Eu/
Eu* ratios decrease over time (Hidaka et al. 2002). The authors do not offer an explanation for this
apparent trend which becomes simple scatter when the anomalies are recalculated in the manner of
those in Table 3.

Other trace-element occurrences in igneous zircon. The most studied trace elements in zir-
con are U, Th and Pb produced by radioactive decay (e.g., Ahrens 1965, Ahrens et al. 1967, Poller
et al. 2001, hundreds of U-Th-Pb geochronology studies). While non-radiogenic Pb (8/Pb> 1.29 A)
is largely excluded from a crystallizing zircon (Watson et al. 1997), Th and U are somewhat com-
patible (ionic radii: ' Th* 1.05 A, ¥'U* 1.00 A) and occur in crustal zircon with abundances typi-
cally ranging tens- to thousands-of-ppm. The lowest abundance of U and Th yet reported for zircon
is for Vaca Muerta meteorite crystal 1 where U is 0.58 ppm and Th is 0.051 ppm (Ireland and
Wiotzka 1992). The intracrystalline distribution of Th and U in igneous zircon is heterogeneous and
even varies about 35% (26) in the 91500 zircon standard (Belousova et al. 2002). Despite such
variation on a ~30-50 um scale, the Th/U ratio varies much less as pointed out by Ahrens (1965) and
confirmed many times since. Generally, the Th/U ratio of igneous zircon is 20.5. Clear exceptions
to this are zircon from less common rock-types such as kimberlite and MARID suite xenoliths
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Figure 5. Average Ce**/Ce’* ratios versus U-Pb age of zircon from the Los Picos-Fortuna/Pajonal-El Abra
igneous complex and the El Abra mine porphyry, Chile. The Ce*/Ce** ratios increase systematically from the
oldest, most mafic rocks, to the youngest, most felsic rocks, which are also Cu-mineralized. This relation is
inferred to reflect a systematic oxidation increase of the magmas producing these rocks. Data from Ballard et
al. (2003).
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where Th/U values range ~0.2-1.0 (Konzett et al. 1998) and zircon from carbonatites from the Kola
Peninsula, Russia, where Th/U ratios vary up to 9000 (Amelin and Zaitsev 2002).

Unaltered igneous zircon has very low concentrations of all other in situ measured elements.
These elements include Li, Be, B, F, Na, Mg, Al, P, Ca, Sc, Ti, V, Cr, Mn, Fe, Sr, Nb, Ba and Ta. With
the exception of P, the combined abundance of these elements in a single crystal is likely to be much
less than a few hundred ppm and they are most often below the limit of detection. Values for these
elements as given below (except P) should be considered as indicative of the upper ppm limits of
abundance. Phosphorous values for zircon from the calc-alkaline intrusive suite of Ballard et al.
(2002) range 49-388 ppm and for diorites through aplites of the Boggy Plain Zoned Pluton, zircon
P values range 281-1379 ppm (Hoskin et al. 2000). For most of the crystals analyzed in these two
studies, the mol % of P is not sufficient to charge-balance the mol % of REE indicating that the
“xenotime” substitution mechanism must be only one of the operating REE substitution mecha-
nisms. Niobium varies up to 62 ppm, Ta is <3, Li <3, Be <0.01, B <0.1, F <10, Na up to 28, Sc up to
250, Tiup to 75, V <5, Cr <0.5, Mn <40, Sr up to 6 and Ba <2 ppm (Hinton and Upton 1991, Maas
et al. 1992, Halden et al. 1993, Hoskin et al. 2000, Ballard et al. 2002). The abundances of Mg, Al
and Fe are highly variable and can be present at the hundreds-of-ppm level or below detection
limits. Wopenka et al. (1996) reported an average Al,O; value of 0.02 wt % and FeO of 0.10 wt %
for lunar zircon, whereas Dickinson and Hess (1982) report up to 1.3 wt % Al,O; in a lunar zircon.
Guo et al. (1996) measured up to 0.54 wt % Al,O; and 0.32 wt % Fe,0; in corundum-associated
zircon. Magnesium is less abundant (MgO <0.2 wt %; Dickinson and Hess 1982, Guo et al. 1996,
Sutherland et al. 2002).

A number of trace-elements in zircon including the REE, where analyzed by Belousova et al.
(2002), including Ti, Mn, Fe, Ga and Sn. However, their data-base includes analyses of supposed
zircon containing MnO abundances up to 0.4 wt %, 0.5 wt % Nb,Os, 1.4 wt % UO,, 2.9 wt % P,0s,
4.1 wt % TiO,, and 6.0 wt % Fe,0;. These data cannot represent primary igneous zircon and reflect
analysis of altered zircon or zircon + inclusions. Non-primary abundances of Fe,O; like those of
Belousova et al. (2002), as well as other oxides including elevated MnO, Al,O; and CaO are re-
ported for metamict and fluid-altered zircon (e.g., Kopchenova et al. 1974, Geisler and Schleicher
2000, Geisler et al. 2003).

Given the very low abundances of elements that may have a role in REE-coupled substitutions
in addition to P (e.g., Nb, Ta), it seems that interstitial cations, Al** in particular (Hoskin et al. 2000),
and perhaps hydrous species, play an essential role in REE and Y substitution.

Zircon composition and investigations of igneous processes

Zircon saturation, fractionation and melt composition. Due to the HREE enriched character
of igneous zircon, saturation and fractionation of this phase during magmatic differentiation might
cause significant depletion of the magma in the HREE. For this to be the case, however, relatively
large amounts of zircon may be required. In a study of the distribution of REE among minerals in
“Route 1117 granodiorite from California, Gromet and Silver (1983) found that along with zircon,
titanite, allanite and apatite were the main HREE phases. However, on the basis of compositional
and modal analysis, the fractional contribution of zircon to the total whole-rock HREE abundance is
almost insignificant. In the Route 111 granodiorite, most of the REE are hosted in titanite (MREE
and HREE), allanite (LREE) and hornblende. In this case, during magma evolution, zircon could
not have been expected to have exerted a noticeable influence on the HREE. This is also the case for
granitoid samples from the Saganaga tonalite, Minnesota—Ontario, where despite the presence of
zircon, apatite and titanite, the REE characteristics of the magmas seem to have been governed by
petrogenetic processes operating prior to the saturation of these REE-bearing phases (Evans and
Hanson 1993). Sawka (1988) also concluded that zircon did not influence the REE characteristics
of magmas forming the McMurry Meadows Pluton, California, because zircon may have crystal-
lized from the bulk (homogeneous) magma prior to differentiation.
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Zircon fractionation has, however, been demonstrated for other igneous systems to be an im-
portant fractionator of the HREE, Y and Hf. Tertiary lavas ranging from basaltic andesite to high-
silica rhyolite from the Batopilas area of Mexico were examined by Evans and Hanson (1993). The
variation of Zr abundance in the Batopilas lavas strongly suggests zircon was an early-liquidus
saturation phase in the high-silica rhyolite lavas. The inclusion of zircon in a model fractionating
assemblage, improved an earlier modeling attempt (Cameron and Hanson 1982) to relate the high-
silica rhyolites to less felsic dacites by bringing the REE modeling results into better agreement
with the major-element modeling results. Because zircon is HREE enriched, only 0.06 wt % of
zircon was required in the model assemblage to produce a better agreement. Another demonstration
of the role of zircon during differentiation was given for granitoid rocks of a small I-type pluton in
southeast Australia. The Boggy Plain Zoned Pluton (BPZP) contains a range of REE-bearing acces-
sory phases including apatite, titanite, allanite, monazite and zircon. Hoskin et al. (2000) demon-
strate an integrated approach to identifying the point at which these minerals saturate in the evolution
of the magmatic system. Once a mineral saturation point is identified, and assuming fractionation,
that mineral can be included in the model assemblage for numerical modeling of differentiation
processes. Erroneous modeling results will occur if a mineral is included in the model assemblage
prior to its saturation point and fractionation. Hoskin et al. (2000) modeled compositional variation
within the adamellite zone of the BPZP by 90% fractional crystallization of an assemblage contain-
ing 22 wt % calcic-amphibole, 19 wt % alkali-feldspar, 37 wt % plagioclase, 17 wt % biotite, 4 wt %
clinopyroxene, 0.13 wt % apatite, 0.1 wt % allanite and 0.19 wt % zircon. The difference between
measured whole-rock REE abundances and modeled abundances is between 1 and 15% and the
model reproduces the measured normalized REE pattern (Hoskin et al. 2000, Fig. 16 therein).

Melt-composition calculations. A number of studies have attempted to determine trace-ele-
ment zircon/melt partition coefficients either by experiment or analytically (Nagasawa 1970, Watson
1980, Mahood and Hildreth 1983, Murali et al. 1983, Fujimaki 1986, Bea et al. 1994, Sano et al. 2002,
Thomas et al. 2002, Thomas et al., this volume) or partly by theoretical considerations (Hinton and
Upton 1991, Guo et al. 1996). These have been used in attempts to determine the composition of melts
from which zircon has crystallized. Success of the application of partition coefficients, Z*™D . 0.,
for the back-calculation of melt composition is dependent upon high-quality trace-element data for
zircon and well known D, Values, as well as the assumption that zircon crystallized early from the
melt. If this last assumption is not justified, neither is the use of Dgjemene Values because the best of
these values have been determined from known melt compositions and generally, the composition
of a later-stage zircon-crystallizing melt is unconstrained, and D, e, Values vary strongly as a
function of melt composition. It is likely that this is one reason why many workers have not been
able to back-calculate melt compositions that look reasonably similar to any common melt or rock-
type on Earth or the Moon (e.g., Hinton and Upton 1991, Snyder et al. 1993, Guo et al. 1996).
Perhaps more important is the further assumption one must make when using D,jepen Values, which
is that equilibrium trace-element partitioning governs the abundance of trace-elements in zircon. It
is suspected however, that disequilibrium partitioning is normal for zircon (Watson and Liang 1995,
Barbey et al. 1995, Watson 1996b). Moreover, the partitioning of REE, Y and P into zircon appears
to be limited not so much by melt composition or cation diffusion, but by intracrystalline strain
imposed by cation substitution (Finch et al. 2001). Despite these real difficulties, the determination
of D, jement Values by Sano et al. (2002) and Thomas et al. (2002) appear to be more realistic and able
to reproduce known melt compositions (Sano et al. 2002, p. 227-228).

Provenance-indicator studies using igneous zircon composition

The chemical and mechanical durability of zircon means that it can persist on and within
Earth’s crust for billions of years. As well as preserving textural information and age data, a record
of the source-rock composition of detrital or xenocrystic zircon may be preserved by trace-element
abundances and patterns. It would be of immense interest in crustal evolution studies to be able to
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“finger-print” source-rock lithology and age from detrital and xenocrystic zircon. The dual ap-
proach of assessing zircon isotope and trace-element composition would have potential in deter-
mining sediment provenance and its applications to studies of, for example, uplift, erosion and
tectonics.

For the composition of ex situ zircon to be used to identify source lithology, it must be demon-
strated that zircon composition can be systematically related to lithology. Such a demonstration
could be via the use of partition coefficients, or by identifying compositional features of zircon that
can be systematically related to lithology. The latter approach seems most promising and studies
taking this approach are discussed here. Early studies relating zircon composition and isotopic age
to source lithology were limited by the inability to measure or accurately determine REE, Y and
other trace elements in zircon (Koppel and Griinenfelder 1971, Koppel and Sommerauer 1974,
Murali et al. 1983). Using multi-grain INAA analysis of seventeen zircon populations, Heaman et
al. (1990) proposed that zircon from kimberlite, carbonatite and nepheline syenite, mafic and ultra-
mafic samples, felsic samples, and basalts could be distinguished from each other on the basis of
plots of Lu, Sc, Th/U and Lu/Sm versus Hf. However, on the basis of Lu, Sc, Th/U and Lu/Sm
alone, there is no clear discrimination, and only partial discrimination based on the reported Hf
abundances. Nonetheless, this important paper indicated the potential for zircon composition as a
provenance and petrogenetic indicator.

The first in situ measurements of zircon composition from a variety of rock-types, including
meteorites, lunar rocks, metamorphic zircon and two granitoid zircons, were made by Ireland and
Wiotzka (1991). Their nine REE analyses showed that despite the diverse geologic settings in which
the terrestrial, lunar and meteoritic zircon formed, their REE patterns are remarkably similar. Inter-
estingly, there is greater difference between the REE patterns of two zircons from a single meteorite
than there is for all terrestrial zircon measured in their investigation. A much larger data set of REE,
Y, P and HfO, was collected by Hoskin and Ireland (2000) for zircon from a wide-range of mantle-
affinity and crustal rock-types. This study concluded that the REE abundances and patterns of zir-
con from rocks with a mantle-affinity are distinctive from crustal zircons and have much flatter
patterns and lower abundances. This conclusion is supported by Belousova et al. (1998). Despite
this difference in REE characteristics, no systematic difference between zircon from disparate crustal
rock-types was observed.

To evaluate the actual variation in detrital zircon REE composition in a real sediment, zircon
from a sandstone sample from the North Sea were analysed by Hoskin and Ireland (2000). The
sandstone is from the Statfjord Formation (Zone A) and was sampled at 9877.5 ft (3.01 km) down-
hole of Brent Field well 211/29-6 located on the sea floor between Scotland and Norway. Evidence
from Sm-Nd isotopes, palaeocurrent data, heavy mineral assemblages, detrital garnet composition,
and detrital zircon U-Pb isotope spectra, indicate that the source region of this sample comprised
high-grade metasediments and a range of Caledonian intrusive rocks. The REE abundances for
zircon from this sandstone reveal that despite different crustal elements in the source region and a
U-Pb zircon age range of 2.82 billion years, the zircon REE patterns are essentially identical. This
result cannot be attributed to a homogeneous source region or derivation of detritus from a single
source, but was considered by Hoskin and Ireland (2000) to confirm the apparent monotony of REE
patterns and abundances in zircon derived from a range of common crustal rock-types.

Belousova et al. (2002) measured a large range of trace-elements in zircon from a variety of
rock-types, but dominantly kimberlite, lamproite and carbonatite. This study and that of Hoskin and
Ireland (2000) and Heaman et al. (1990) are summarized in Table 4. The value of the study by
Belousova et al. (2002) is reduced because their data-base includes analyses of “metamict zircons...”
that have compositions that have been affected by “...secondary alteration” (p. 609). Moreover,
their supposed basalt zircon actually derive from xenoliths within the basalt, while other zircon are
detrital and derived from a “palacochannel” (p. 604) and the original source-rock(s) is unknown.
Data from these zircon occurrences are included in statistical classification and regression trees
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Table 4. Characteristics of zircon trace-element and provenance studies.
Heaman, Bowins and Crocket (1990) Geochim Cosmochim Acta 54:1597-1607

Strengths
« first analyses of zircon from a variety of widely sourced rock-types.
» demonstrated a degree of discrimination for zircon provenance on the basis of Hf (wt %).

Limitations
 very small data set of multi-grain analyses (INAA)

Hoskin and Ireland (2000) Geology 28:627-630

Strengths

« first high-quality in situ analyses of zircon from a variety of widely sourced rock-types.

* REE and Y data for well-constrained whole-rock samples, texture imaged and U-Pb isotope analyzed zircon from those
whole-rock samples.

* provided a “real-life” test of zircon provenance identification on a well studied sandstone from the Statfjord Formation, North Sea.

Limitations
* limited data set

Belousova, Griffin, O’Reilly and Fisher (2002) Contrib Mineral Petrol 143:602-622

Strengths
e zircon analyses from a variety of widely sourced rock-types.
» data set of elements includes REE, Y and other trace-elements.

Limitations

* no documentation of intra-sample compositional variation or “representativeness”.

* data set of rock-types includes some of uncertain origin or identification.

* data set of zircon compositions include analyses of altered zircon or zircon + inclusions.

* statistical determination of zircon source rock-type is based on the flawed data sets above.

« statistical treatment (CART tree) is a description of original data set and should not be used predictively.

(CART tree) that are intended to be used to identify the source rock-type of a detrital or xenocrystic
igneous zircon. The CART trees are a “description” of the specific data set from which they are
constructed such that the “description” is only as good as the data-base.

At this point in time, delineation and recognition of systematic relations between igneous
zircon composition and source rock-type are only slowly emerging. Studies of metamorphic zircon,
however, reveal that the composition provides a great deal of information about the processes that
form metamorphic zircon and metamorphic rocks.

ZIRCON AND METAMORPHIC PETROGENESIS

Textural characterization of metamorphic zircon

Metamorphic zircon is characterized by a number of features that differ from igneous zircon
and these are considered separately below. A more detailed review of metamorphic zircon textures
is given by Corfu et al. (this volume).

External morphology of metamorphic zircon. Zircons in low-grade metamorphic rocks are
usually inherited from the protolith and may show signs of resorption or metamorphic overgrowth.
High-grade rocks such as granulites may contain zircon that grew during metamorphism in the
presence or absence of an anatectic melt (Fraser et al. 1997, Roberts and Finger 1997). Typical
morphologies are rounded or ovoid shapes (Fig. 6a) which are interpreted to be formed by resorp-
tion by a zircon-undersaturated intergranular fluid (Hoskin and Black 2000) which may also pro-
duce surface etching and pitting (Wayne and Sinha 1988, Hanchar and Miller 1993). Ovoid
morphologies were also documented by Degeling et al. (2001) who proposed that new zircon formed
during the decompression reaction of garnet + sillimanite + quartz to produce zircon-bearing cordi-
erite. Rounded and ovoid zircons are often accompanied by “soccer-ball” shaped zircon (e.g., Vavra
etal. 1996, Schaltegger et al. 1999; Fig. 6b). Soccer-ball zircon represents the S22-type in the Pupin
(1980) morphology classification scheme, with subordinate development of prism faces. Hoskin
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Figure 6. Zircon in granulite-grade rocks, Vosges Mountains, eastern France: (a) rounded-ovoid grain; (b)
“soccer-ball” zircon; (c) prismatic zircon from the same granulite as the grain in (a), but occurring on the
grain-boundaries of rock-forming minerals. Figure after Schaltegger et al. (1999).

and Black (2000) found that within their high-grade rocks, zircon included within different rock-
forming minerals and those from grain-boundaries did not differ morphologically. However, it was
reported by Schaltegger et al. (1999) that soccer-ball zircon included in ternary feldspars are coeval
with prismatic grains that occur on grain-boundaries (Fig. 6c).

Internal textures of metamorphic zircon. Internal textures are observed by CL and BSE im-
aging (Hanchar and Rudnick 1995, Rubatto and Gebauer 2000, Kempe et al. 2000, Corfu et al., this
volume). These images allow for visual distinction between metamorphic growth zones, preserved
igneous cores, recrystallized domains and domains showing other types of structural reorganiza-
tion. Zircon that grew in high-grade metamorphic rocks often shows a distinct sequence of internal
structures: an initial low-luminescence growth zone (sometimes overgrowing an inherited core)
sequentially overgrown by sector zoned domains. These textures are commonly followed by oscil-
latory zoned domains (Vavra et al. 1996, 1999; Schaltegger et al. 1999; Fig. 7). This succession of
zones has yet to be adequately explained and has not yet been the subject of specific research
attention.

Metamorphic zircon can preserve a wide variety of textures, largely because it can grow under
a wide variety of P-T-x-stress conditions that may collectively be termed as metamorphic. Zircon-
forming events may occur prior to, after, or at peak P-T conditions. The geologic significance of an
isotopic age determined from a metamorphic zircon depends upon when in the petrogenesis of the
rock the zircon (or a specific growth zone) formed, whether or not it formed in the solid-state, by
precipitation from a fluid (carbonic, aqueous, or melt), or by recrystallization of protolith zircon.
Given the complexity of zircon textures and the ambiguity associated with interpreting isotopic age
determinations, trace-element analysis is becoming widely applied as another line of evidence for
more confident petrogenetic interpretation.

The growth of new zircon during metamorphism and its composition

The crystallization of new zircon during metamorphism has been recorded for a wide range of
temperatures and pressures during prograde (Liati and Gebauer 1999, Bingen et al. 2001), retro-
grade (Pan 1997, Roberts and Finger 1997, Degeling et al. 2001, Whitehouse and Platt 2003) and
peak (Bea and Montero 1999, Hoskin and Black 2000, Méller et al. 2002) metamorphic conditions.
At P-T conditions lower than upper-amphibolite and granulite-grade, new zircon is rare and recrys-
tallization of protolith zircon is responsible for producing “metamorphic” zircon. At granulite-grade
conditions, new zircon can form at sub-solidus conditions and also during anatexis (Schaltegger et
al. 1999, Rubatto et al. 2001). The volume of new zircon formed is dependent upon temperature and
the volume and composition of melt (Watson and Harrison 1983, Watson 1996a). There are ex-
amples, however, where the volume of new zircon exceeds-by-far that expected from calculated
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Figure 7. A metamorphic zircon illustrating the commonly observed
sequence of growth structures: (1) low-luminescence center; (2) sector
zoned domain; (3) oscillatory zoned outer part. The bright-CL area to the
right of domain 1 is an area of localized recrystallization around a 40-pum
mineral inclusion. Figure after Schaltegger et al. (1999).

saturation limits. Vavra et al. (1996, 1999) report that zircon in metasediments from the Ivrea Zone,
southern European Alps, are comprised of 5 vol % of inherited zircon overgrown by large volumes
of new zircon. They also describe voluminous overgrowths in associated melanosomes, which ac-
cording to compositional criteria should not have been favorable to high Zr solubility and subse-
quent zircon growth. Other factors that determine whether new zircon will form or not include the
grain-size of zircon and the crystal size-distribution of rock-forming minerals (Nemchin et al. 2001),
the location of protolith zircon on grain-boundaries or as inclusions (Watson et al. 1989, Watt and
Harley 1993), diffusion of Zr in a melt phase and the Zr abundance and stability of rock-forming
minerals.

The Zr abundances of major metamorphic minerals in four different granulite-grade rocks
from Rundvégshetta, east Antarctica, were determined by Fraser et al. (1997). Both garnet and
hornblende contain tens of ppm of Zr, enough to produce new zircon by Zr release if these minerals
partake in breakdown reactions such as garnet + sillimanite + quartz — cordierite + zircon. Vavra et
al. (1996) had proposed that biotite was a source of Zr for new zircon growth during anatexis in the
Ivrea Zone. Pan (1997) proposed zircon, titanite and rutile formation by breakdown of zirconolite,
and zircon formation after allanite breakdown in upper-amphibolite grade gneisses. Ilmenite was
proposed as a source of Zr for metamorphic zircon by Bingen et al. (2001). The formation of new
zircon by these net-transfer reactions is, however, dependant upon the solubility of Zr in product
phases. At Rogaland in southwest Norway, zircon formed in high-grade rocks by the reaction garnet
+ sillimanite + quartz — cordierite + zircon, but did not form during the reaction garnet + silliman-
ite + quartz + biotite — osumilite + orthopyroxene + spinel + magnetite, because of the higher
solubility of Zr in osumilite and orthopyroxene at higher grades than in cordierite at lower grades
(Degeling et al. 2001). Unfortunately, compositional data for zircon formed by net-transfer reac-
tions are scarce, largely due to very small grain-sizes (typically <20 um).

In a study of trace-element partitioning between co-existing zircon and garnet, Rubatto (2002)
demonstrates that among the REE, Ce has by-far the highest preference for zircon (“D,;, = 69-90;
next largest is "D, = 12-24) thus producing extremely large positive Ce anomalies in zircon that
even exceed the chondrite-normalized Yb and Lu values (Fig. 8). The REE patterns of zircons that
formed by net-transfer reactions in the high-grade rocks of Rubatto (2002) are additionally charac-
terized by relatively depleted HREE abundances due to partitioning competition with garnet and
very small (Euw/Eu* = 0.24-0.63) negative Eu anomalies which are believed to be “inherited” from
the whole-rock composition as well as indicate formation in the absence of plagioclase. Nearly
identical REE patterns were reported by Whitehouse and Platt (2003) for zircon rims on protolith
cores included in metamorphic garnet, although these workers suggest that Ca-rich garnet rims and
zircon rims grew from melt produced during decompressional melting. In addition to P-T indicator
minerals that can be included in metamorphic zircon (e.g., Hermann et al. 2001, Katayama et al.
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Figure 8. Chondrite-normalized REE patterns for metamorphic zircon from Lago di Cignana (Zermatt—Saas
Fee, European Alps) eclogitic-grade metasediments. The zircons grew in equilibrium with garnet and have
extremely large positive Ce anomalies and relatively depressed HREE patterns. Figure after Rubatto (2002).

2001, 2002; Liu et al. 2002), the work of Schaltegger et al. (1999) and Rubatto (2002) relating the
REE composition of new net-transfer/metamorphic zircon to specific stages of metamorphic petro-
genesis means that zircon U-Pb isotopic ages can be linked with specific P-T conditions thus allow-
ing direct assessment of the rate of tectonic and metamorphic processes.

The composition of metamorphic zircon in equilibrium with an anatectic melt does not differ
greatly from igneous zircon. The zircons are enriched in trace-elements with ionic radii close to that
of Zr (i.e., Hf, Y, U, P) and have steep REE patterns increasing from La to Lu with positive Ce and
negative Eu anomalies (Fig. 9a). Such patterns are clearly distinguishable from REE patterns pro-
duced by sub-solidus growth with garnet (Figs. 8 and 9b). The metamorphic-melt zircons described
by Rubatto et al. (2001) and Rubatto (2002) have relatively depleted MREE abundances that are
attributed to similarly depleted abundances in the precipitating melt and not to co-crystallization
with a REE-rich phase such as monazite. The only apparent systematic distinction between igneous
zircon and metamorphic-melt zircon is the Th/U ratio, which is very low for the latter (<0.07,
Rubatto 2002).

Solid-state recrystallization and dissolution-reprecpitation of protolith zircon and composi-
tional changes

Metamorphic zircon may be produced by intra-grain “reworking” of protolith igneous or de-
trital zircon or previously formed metamorphic zircon. The processes of reworking are solid-state
recrystallization and local dissolution-reprecipitation. These processes appear not to be significant
at low metamorphic grades were non-metamict protolith zircon tends to survive, although it can be
mechanically fractured (Wayne and Sinha 1992). At higher grades these processes create a variety
of internal textures. These secondary textures have been described by Vavra et al. (1996, 1999),
Schaltegger et al. (1999), Hoskin and Black (2000), Moller et al. (2002) and Rubatto (2002) and
include the following:

Blurred primary zoning. Primary igneous oscillatory zoning may be blurred (or “faded”) as a
first indication of metamorphic disturbance of the structure.
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Figure 9. Chondrite-normalized representative REE patterns for metamorphic zircon equilibrated with a
melt phase (a) and zircon equilibrated with garnet (b) under subsolidus conditions. Figure after Schaltegger et
al. (1999).

Convoluted zoning. External parts of metamorphic zircon may show non-planar zoning formed
by a series of low-CL and high-CL sinuous zones that may appear to be folded. This texture was
called “flow zones” by Vavra et al. (1999) and Schaltegger et al. (1999). Individual zones can be-
come discontinuous and truncated. The texture is considered to be the result of further convolution
of blurred primary zoning (Hoskin and Black 2000).

Transgressive recrystallization. Local recrystallization of zircon under non-metamorphic con-
ditions was described by Pidgeon (1992), Nemchin and Pidgeon (1997) and Pidgeon et al. (1998).
The secondary texture produced is internally featureless, has sinuous and lobate edges, and cuts
across other primary and secondary textures. Analogous textures in zircon from high-grade meta-
morphic rocks were described from Mount Sones, Antarctica (Black et al. 1986), Northwest Terri-
tories, Canada (van Breemen et al. 1987), Seve Nappes, Scandinavia (Williams and Claesson 1987),
Vosges Mountains, France (Schaltegger et al. 1999) and the Georgetown Region, Australia (Hoskin
and Black 2000). Although areas of transgressive recrystallization are generally internally feature-
less, they may preserve relics (“ghosts”) of primary textures including oscillatory zoning. Trans-
gressive recrystallized areas are separated from other structures by a grey-CL featureless
recrystallization front (see Fig. 2 of Hoskin and Black 2000). In most examples, the recrystalliza-
tion front appears to migrate from crystal pyramidal-terminations towards the interior of grains,
although recrystallization may occur at locations away from crystal terminations, at domain bound-
aries or around inclusions (Figs. 7 and 10a).

The end result of transgressive recrystallization is complete recrystallization. Some zircon
from high-grade rocks have no internal textures and are considered to have been fully recrystal-
lized, for example the ~570 Ma gem-quality zircons in the Sri Lanka gem-gravels. Recrystallization
has been proposed to occur in the solid-state without an essential role for a fluid-phase (Hoskin and
Black 2000), although Tomaschek et al. (2003) provide strong evidence for an essential fluid-phase.
Moller et al. (2002) argue for both fluid-present and fluid-absent zircon recrystallization in ultra-
high-temperature granulites from southwest Norway. Evidence for solid-state, isochemical (on a
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Figure 10. Zircon recrystallization textures: (a) fop row: recrystallization around a mineral inclusion. The
area of recrystallization is delineated by bright-CL as in Figure 7; (b) bottom row: various recrystallization
features in a granulite-grade zircon with a large inherited core (469 Ma): convoluted zone with partially reset
U-Pb age (438 Ma); low-CL rim with reset U-Pb age (300 Ma). Figure after Schaltegger et al. (1999).

crystal-scale) recrystallization, is the preservation of primary textures, in particular ghost textures,
and the “mixed” isotopic ages (Figs. 10b and 11a) and trace-element compositions measured from
these.

Recrystallization of protolith zircon has the effect of purging non-essential structural constitu-
ent cations (ESCs; Zr, Hf, Si) from the recrystallized structure. Cations with ionic radii significantly
different from Zr (and Hf) and Si are purged from the structure. This was documented by Hoskin
and Black (2000) for zircon from a meta-granitoid gneiss (Fig. 11). Eightfold coordinated Th* has
a larger ionic radius than U* and appears to be preferentially purged with a consequent decrease in
the Th/U ratio. This decrease correlates with a decrease in the 2’Pb/?*Pb age of the zircon; the
youngest cluster of ages with Th/U <0.1 (solid circles, Fig. 11a) represent completely recrystallized
zircon. Within a single crystal, trace elements are partitioned between recrystallized areas and the
recrystallization front described above, enriching the front and depleting the recrystallized areas
(see Er vs. P, U vs. Thand P vs. U plots, Fig. 11b). An exception to this trend is observed for Hf (see
U vs. Hf plot, Fig. 11b). Hafnium enrichment is a feature of recrystallized zircons described by Pan
(1997), where protolith zircon is recrystallized to trace-element-depleted—Hf-enriched zircon and
xenotime according to the reaction (Zr,Hf,Y,REE)(Si,P)O, — (Zr,Hf)SiO, + (Y,REE)PO,. This reac-
tion mechanism, with the addition of U-Th-silicates as a product, is advocated by Tomaschek et al.
(2003) (Fig. 12). Normalized REE patterns for co-existing recrystallized zircon and recrystalliza-
tion fronts in a single zircon (Fig. 11c) reveal the recrystallized zircon to be relatively depleted in
the LREE and MREE with no measurable difference for Tm, Yb or Lu. As for Th and U, this is
interpreted to be a consequence of cation size difference to Zr, which is greatest for the LREE and
least for the HREE.

Differential trace-element purging as a function of cation ionic radii provides an explanation for
U-Pb isotopic resetting and preservation of the Lu—Hf isotopic system. The ~570 Ma Sri Lanka zir-
cons which on the basis of internal textures and likely source lithology are believed to be recrystal-
lized, have a young U-Pb age (~570 Ma) and a Hf isotope model age of ~1.5 Ga (Kinny et al. 1991).

The mechanism or driving-force for recrystallization proposed by Hoskin and Black (2000) is
thermoactivated grain-boundary and defect migration and the reduction of structural strain imposed
by substituted trace elements. It is an observation that recrystallization is typically initiated at crys-
tal terminations where trace elements are typically enriched above abundances at prism faces. Ghost
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Figure 11. Isotope and trace-element characteristics of zircon from a meta-granitoid gneiss, northern
Queensland, Australia. The zircon are partially to fully recrystallized. Internal textures observed in most crystals
include primary igneous (protolith) zircon, recrystallized areas, and between these two, a recrystallization
front: (a) 2"Pb/**Pb age versus Th/U plot indicating the decrease in both age and Th/U ratio as recrystallization
proceeds from partial (open symbols) to complete (solid symbols). Error bars are 16; (b) element—element
plots for internal structures; (c) chondrite-normalized REE plots for recrystallized zircon and recrystallization
front in a single crystal. Figure after Hoskin and Black (2000).
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line joins points of equal P (pfu) and Y + Yb (pfu). Figure after Tomaschek et al. (2003).

textures—the preservation of primary textures, albeit altered—do not favor a mechanism of local
dissolution-reprecipitation. This is, however, the mechanism proposed by Tomaschek et al. (2003)
(see also Putnis 2002, p. 694), whose recrystallized zircon do not preserve ghost textures, but have
~10 vol % porosity and remnant fluid-inclusion voids, both of which are not observed in unaltered
(“pristine”) crystals. The fluid responsible for dissolution in this case, must also have been respon-
sible for the dissolution of the numerous apatite and silicate inclusions in those crystals.

The role of metamictization in recrystallization by dissolution-reprecipitation and composi-
tional change has been evaluated experimentally and analytically by Geisler et al. (2001, 2002,
2003). Metamict zircon is more susceptible to dissolution-reprecipitation because of the occurrence
of amorphous zones and metamictization-induced fractures which allow fluid infiltration and ex-
change (Valley et al. 1994). Geisler et al. (2001), in hydrothermal experiments at 450°C, 1.3 kbar
and 2 M CaCl, solution, recrystallized metamict rims on Sri Lanka zircon. The reaction rims are
partially to fully structurally recovered (i.e., crystalline, not metamict) and have sharp, curved and
transgressive boundaries with unreacted zircon (Putnis 2002, Fig. 5 therein) similar to the second-
ary transgressive textures produced geologically. Compositionally, the rims have lost radiogenic
Pb, Zr, Si and have a reduced Th/U ratio, and have been enriched relative to unreacted zircon in Ca,
Al (Geisler et al. 2002) and an undefined “water species”. Metamict areas in zircon from the eastern
Desert, Egypt, have exchanged with a low-temperature (120-200°C) aqueous fluid and are heavily
enriched in Ca, Al, Fe, Mn, LREE and a water species, and have lost Zr, Si and radiogenic Pb
(Geisler et al. 2003). Although these data indicate that fluid-induced recrystallization and isotopic
resetting or discordance might be important in nature, the applicability of the results to higher-grade
metamorphic zircon is unclear especially because many of the experimentally produced secondary
textures are not commonly observed naturally, if at all. This may be because fluid-present recrystal-
lization can also occur for non-metamict zircon, producing different secondary textures but similar
compositional change including lowering of Th/U ratios and U-Pb isotope resetting (e.g., Liati and
Gebauer 1999, Rubatto et al. 1999, Schaltegger et al. 1999).

HYDROTHERMAL ZIRCON

Zircon formation is not commonly associated with hydrothermal activity. In fact, it has been
documented to be replaced by the hydrothermal deposition of zirconolite, (Ca,REE)ZrTi,O,, and a
series of REE-phosphates, carbonates and oxides-hydroxides (Gieré 1996). Consequently, early
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reports of hydrothermal zircon were met with skepticism (Claoué-Long et al. 1990, Corfu and Davis
1991, Claoué-Long et al. 1992). Since the early 1990s there have been an increasing number of
reports of hydrothermal zircon. Williams et al. (1996) documented an extended episode of fluid-
flow during high-grade metamorphism by dating hydrothermal zircon from metamorphic quartz
veins. Most reports of hydrothermal zircon, however, are from relatively low- to medium-tempera-
ture and low-pressure events associated with economic deposition of Au and other metals and these
occurrences are considered below.

Hydrothermal zircon has been reported from Archean massive sulfide deposits (Yeats et al.
1996), vein-type Archean gold deposits in Canada, China and Australia (Claoué-Long et al. 1990,
Kerrich and King 1993, Li et al. 1997, Yeats et al. 1996), and a variety of shear and terrane suture
zones (Wyoming Province, Mueller et al. 1996; Kaapvaal Craton, Flowers 2000; Newfoundland
Appalachians, Ramezani et al. 2000). Despite these studies no consistent picture of hydrothermal
zircon textures and composition has been forthcoming; anhedral and faceted morphologies and
zoned and unzoned crystals have been described as hydrothermal, as have low common-Pb and
high common-Pb zircon. The hydrothermal zircon of Yeats et al. (1996) fall into two distinct sub-
populations on the basis of REE composition (P.W.O. Hoskin, unpublished data) even though there
is no distinction between them on the basis of morphology or internal textures and they form a
single U-Pb age population. The igneous-style normalized REE patterns and the absence of fluid-
inclusions brings into question the interpretation of these zircons as being hydrothermal. In fact, the
occurrence of zircon in hydrothermal veins, or even as inclusions in hydrothermal minerals, is not
evidence enough that the zircon is likewise hydrothermal. For example, Hack et al. (1998) sepa-
rated zircon from near-monomineralic hydrothermal quartz veins (with accessory Au-Bi alloys and
zircon) and on the basis of U-Pb isotope ages concluded that the zircon was xenocrystic from the
host meta-sediment. Zircon from the assimilated host-rock was the only mineral phase not to com-
pletely dissolve into the quartz-depositing hydrothermal fluid.

No such doubt of origin exists in the case of zircons described by Kerrich and King (1993)
which contain inclusions of Au and fluid, or for fluid-inclusion-rich and “stringer” zircon from
the Sierra Blanca Peaks, Texas (Rubin et al. 1989). Other criteria for identifying zircon as hydro-
thermal may include: “spongy texture” due to a high frequency of fluid-inclusions (Hoskin et al.
1998); high common-Pb abundance (Watson et al. 1997); and elevated abundances of F, LREE,
Nb, Ta and other incompatible elements (Rubin et al. 1989, Hoskin et al. 1998) as expected from
the type of fluids that mobilize Zr (Taylor et al. 1980, Rubin et al. 1993, Campbell 1998).

Trace-element characteristics of hydrothermal zircon have been described in two indepen-
dent studies both of granitoids in eastern Australia (Boggy Plain Zoned Pluton, Hoskin et al.
(1998) and Hoskin (1999); Mole Granite, Pettke et al. (2001) and Schaltegger et al. (2001)). Both
granitoids are W-mineralized by fluids derived by magmatic differentiation (the Mole Granite is
also Sn-mineralized). Despite similar geographical and geological contexts, the zircon composi-
tional characteristics are contradictory (Fig. 13). Hydrothermal zircon from the Boggy Plain Zoned
Pluton is enriched in the REE relative to igneous zircon which has a typical igneous-style nor-
malized REE pattern. In particular, the LREE are enriched by about two orders of magnitude,
although the Ce-anomaly is decreased from Ce/Ce* = 32-77 for igneous zircon to Ce/Ce* = 0.06-
4.2 for hydrothermal zircon. Enrichment in the LREE is accompanied by enrichment in F, Y, Sc,
Nb, Ta, Hf, Th and U (with fluid-inclusion hosted Mo, W and Au detected in some analyses). In
contrast, REE abundances of hydrothermal zircon from the Mole Granite are depleted by 1 to 3
orders of magnitude relative to igneous zircon and have an increased Ce-anomaly. The signifi-
cance of these contradictory data is presently unknown, but may reflect different hydrothermal
mineral assemblages: in the Boggy Plain Zoned Pluton, hydrothermal zircon is precipitated with
scheelite, ilmenite, rutile and yttrobetafite, whilst in the Mole Granite, hydrothermal zircon pre-
cipitated with monazite, thorite and xenotime. Differences in fluid origins, composition and fO,
are also likely to be important.
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CONCLUSIONS AND OUTLOOK

Zircon is a host of geochemically important elements that are used for isotopic age determina-
tion and for petrogenetic process investigation. Unaltered igneous zircon generally contains less
that 1 wt % of the REE and Y. Chondrite normalized abundance patterns are HREE enriched rela-
tive to the LREE and rise steeply from La to Lu. If zircon saturates early in the differentiation of a
magma and fractionates, it tends to deplete the residual melt in the HREE. The normalized REE
pattern varies little and zircon from very different source-rocks have very similar REE patterns.
There appears to be no systematic compositional differences between zircon from different paragen-
eses. The implications of this are that back-calculation of melt compositions from zircon trace-
element abundances and partition coefficients, as well as provenance investigations and source-rock
“finger-printing,” can lead to spurious results. Although zircon with a mantle-affinity has distinct
REE characteristics, it is not clear why crustal zircons are so similar. This is an obvious area for
future research that must include experimental and high-quality analytical studies of trace-element
substitution mechanisms. It seems reasonable to predict that H* and OH, as well as interstitial Al,
play a significant, yet currently under-recognized role in charge-balancing Y and REE in zircon. An
important feature of the normalized igneous zircon REE pattern is the occurrence of Ce and Eu-
anomalies, both of which are probably fully or partly controlled by oxygen fugacity. Experimental
investigations of these anomalies should improve current understanding of why the anomalies exist
and what they can tell us about magma genesis.

Metamorphic zircon appears to better retain a record of petrogenesis. A few studies have dem-
onstrated that cogenetic zircon and garnet growth produces a normalized HREE pattern where the
HREE in zircon dramatically drop away from expected values due to competition from co-crystal-
lizing garnet. More dramatic patterns may be observed for zircon that has grown in the presence of
metamorphic xenotime, monazite or an epidote-group mineral. Surprisingly, there is no clear under-
standing of why the Th/U ratio of metamorphic zircon is often ~0.01 or lower, when apparently
igneous zircon has a value of >0.5. It may be that this is due to the presence of a fluid during
metamorphic crystallization and in some cases due to differential expulsion of cations from zircon



The Composition of Zircon and Igneous and Metamorphic Petrogenesis 55

during recrystallization. The phenomenon of sector zoning has received theoretical treatment from
Watson and Liang (1995) and its occurrence is fairly well understood. The occurrence of sector
zoning due to intersectoral trace-element partitioning may be temperature sensitive and could be
calibrated as a thermometer.
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INTRODUCTION

Silicate melt inclusions (MI) are small samples of melt that are trapped during crystal growth
at magmatic pressures and temperatures. The MI represent a sample of the melt that was isolated
from the bulk melt during host crystallization. Thus, MI preserve the composition of the melt that
was present during crystal growth and record the P-T growth conditions. As such, MI provide a
valuable tool for constraining the magmatic history of igneous systems. Melt inclusions may be
composed of a single-phase glass or they may contain multiple phases (vapor bubbles * crystals)
that nucleated from the melt within the inclusion during cooling, or were produced by devitrifica-
tion of the glass following trapping. Heating and homogenization techniques applied to multiphase
MI produce a glass suitable for microanalysis, and may also provide information regarding the
temperature of MI and crystal formation (Roedder 1984).

Many workers have used MI in major rock-forming minerals to constrain igneous processes,
such as crystal fractionation and magma degassing (e.g., Anderson et al. 1989, Hervig and Dunbar
1992, Sobolev and Shimizu 1993, Sobolev and Danyushevsky 1994, Lu 1991), but there have been
far fewer studies of MI in accessory minerals (e.g., Chupin et al. 1998, Spandler et al. 2000, Sokolov
2002, Thomas et al. 2002). Melt inclusions in zircons of igneous origin are common, and have been
identified in a wide range of igneous rock types, including quartz diorite and rhyolite, and in detri-
tal zircon grains from heavy mineral sands (Fig. 1).

The same properties that make zircon an excellent geochronometer also make zircon an ideal
host for MI. Zircon is stable in most geologic environments (Watson 1996) and trace element
diffusivities through the zircon crystal structure (Cherniak et al. 1997, Cherniak and Watson, this
volume) are sufficiently slow to prevent exchange of components between the MI and the sur-
rounding zircon host and/or melt, so long as the zircon crystal remains crystalline. Zircon has been
of interest to petrologists for many years because it is one of the minerals that controls the rare earth
element (REE) budget of crustal magmas (Nagasawa 1970, Bea 1996, O’Hara et al. 2001). The
compositions of melts from which accessory minerals crystallize generally have not been well
constrained, especially in plutonic rocks. As such, inverse modeling using zircon mineral chemis-
try and partition coefficients has been employed to back-calculate melt compositions (Hinton and
Upton 1991, Guo et al. 1996, Hoskin et al. 2000, Wilde et al. 2001). Some workers have used the
bulk rock as an approximation of the melt composition (e.g., Hoskin et al. 2000); however, it is
difficult to unequivocally establish that a bulk rock composition represents the melt composition at
any given time, especially in coarse-grained plutonic rocks. Other workers have used zircon mor-
phology as an indicator of melt composition, magma temperature and crystallization rates
(Poldervaart 1955, 1956; Pupin and Turco 1972, Vavra 1990). However, zircon morphology com-
monly varies considerably within any given rock, and the various chemical and physical param-
eters that may affect zircon morphology are poorly understood.

Melt inclusions provide an unambiguous method to directly determine compositions of melts
from which zircon crystallized, provided that the MI have not leaked or re-equilibrated following
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Figure 1. Transmitted light photographs of crystalline and glass melt inclusions (MI) in zircons. The zircons
commonly contain solid inclusions of apatite (labeled “ap”), feldspar (labeled “fsp”) and less commonly,
oxide minerals. The zircons in the photographs are from: the 56 Ma quartz dioritic Quottoon Igneous Complex
in British Columbia, Canada (shown in a, e and f), a rhyolitic member of the 74 ka youngest Toba Tuff of
Sumatra, Indonesia (shown in b), and a heavy mineral sand deposit from north Stradbroke Island, Queensland,
Australia (shown in ¢ and d). (a) Crystalline melt inclusions in zircons extracted from the Quottoon quartz
diorite. Most zircons contain dark-colored, ovoid inclusions that are crystalline melt inclusions. (b) The inset
shows a low magnification photograph of a zircon from the Toba rhyolite containing an ovoid-shaped glass
inclusion that is shown below the inset at higher magnification. The melt inclusion is comprised of crystal-free
glass (labeled “g”) and three bubbles (labeled “b”). (c) A glass melt inclusion is preserved in a rounded and
broken fragment of a detrital zircon. The melt inclusion is comprised of glass and a bubble. (d) A partially
crystalline melt inclusion hosted by a detrital zircon contains a crystal of apatite that was trapped along with
the inclusion-forming melt. The partially crystalline melt inclusion also contains two bubbles, several transparent
daughter crystals and feathery masses of dark-colored daughter crystals. (e) The inset shows a zircon from the
Quottoon quartz diorite that contains a solid inclusion of apatite (labeled “ap”) and two large crystalline melt
inclusions that are shown below the inset at higher magnification. The large melt inclusion on the left contains
a large transparent phase (glass? or quartz?), many transparent lath-shaped daughter crystals (feldspar?), a
large anhedral daughter crystal (quartz? labeled “qtz”), and interstitial dark-colored daughter crystals. The
large melt inclusion on the right contains a bubble that is partially obscured by daughter crystals. A decrepitation
halo of small inclusions (labeled “i”’) occurs around the large melt inclusion on the right. (f) Zircon from the
Quottoon quartz diorite containing a crystalline melt inclusion and an elongated tube-shaped inclusion that
parallels the c-axis of the zircon host. The tube-shaped inclusions are commonly composed mostly of glass,
however, some tube-shaped inclusions were found to be empty after the tubes were exposed at the surface.
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entrapment (e.g., Qin et al. 1992, Gaetani and Watson 2000, Danyushevsky et al. 2002). As such,
coupled petrographic examination (before, during and after heating) and geochemical analyses of
MI and host zircons can reveal information about crystal/melt processes in igneous systems that are
difficult (or impossible) to assess through conventional methods. In the first section of this chapter
we summarize some of the previous studies of MI in zircon. The second section describes some
general methods for preparing Ml in zircons for geochemical analyses. In section three we describe
the use of trace element analyses of MI and the immediately adjacent zircon to determine zircon/
melt partition coefficients. Next, we discuss the significance of boundary layer development adja-
cent to growing crystals and compare the trace element compositions of MI in zircon with those
from MI in minerals that have significantly different trace element mineral/melt partitioning behav-
ior. The chapter concludes with some remarks regarding potential avenues for future research using
MI in zircon.

PREVIOUS INVESTIGATIONS

There have been surprisingly few reports of MI in zircon. Li (1994), Chesner (1998), Chupin
et al. (1998), Hoskin and Black (2000) and Frezzotti (2001) describe MI in zircon. Only two of
these studies (Li 1994, Chupin et al. 1998) conducted microthermometric and/or geochemical analyses
of the MI. Li (1994) focused primarily on the phase changes observed during heating of crystalline
MI in zircons from southwestern and northwestern China to obtain homogenization temperatures.
The crystalline melt inclusions were step-heated using one-atmosphere furnaces and heating stages.
Li (1994) documented the sequence of phase changes during heating and reported homogenization
temperatures ranging from 950-1100°C. Several electron microprobe analyses of MI in zircons
were also reported. However, the ZrO, contents of these MI were very high (0.94-5.02 wt % Zr),
suggesting that the analytical volume included not only melt but also zircon. Perhaps most impor-
tantly, the Li (1994) investigation demonstrated that MI occur in zircons from many different igne-
ous environments spanning the wide compositional range from diorite to alkali syenite.

Chupin et al. (1998) performed detailed geochemical analyses of MI in zircon crystals from
an Archean age greenschist facies quartzite (Witwatersrand Supergroup), a granulite facies quartz-
ite (Beit Bridge Group) and from a granulite facies S-type granitic orthogneiss in South Africa.
Zircon crystals from the Beit Bridge quartzites contained igneous cores with abundant MI, but
zircon overgrowths were free of MI. These petrographic relationships were interpreted to indicate
that the overgrowths were metamorphic in origin. In addition to determining the ages of detrital
zircons containing MI, Chupin et al. (1998) pioneered the use of MI as a provenance tool to con-
strain source terranes that supplied sediments to basins in South Africa. Other studies of detrital
zircon provenance have relied only upon U-Pb ages, zircon geochemistry and/or isotopic data from
zircons to infer the compositions of magmas that comprised source region terranes (e.g., Wilde et al.
2001).

The MI investigated by Chupin et al. (1998) were crystalline and, therefore, required heating
to dissolve daughter crystals that precipitated from the melt during cooling. The daughter crystals
were optically identified as quartz, feldspar and an unidentified opaque mineral. The MI were heated
using a one atmosphere heating stage mounted on a microscope. During heating, vapor bubbles
were recognized as daughter crystals dissolved to form a melt. The daughter crystals melted be-
tween 750°C and 900°C. The vapor bubbles never homogenized into the melt, even when heated to
1250°C and held at that temperature for ten hours. After daughter crystals were melted, the MI were
quenched to a glass containing a vapor bubble(s). Chupin et al. (1998) reported that some MI de-
crepitated during heating experiments, most likely due to elevated internal pressures generated in
the MI during heating.

After heating and homogenization experiments, the MI were analyzed for major elements and
Cl by electron microprobe. Melt inclusions in zircons from the Witswatersrand Supergroup quartz-
ite were chemically classified as granite, trondhjemite and tonalite (Barker 1979). Melt inclusions
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from the Beit Bridge Group quartzite were classified as granite and trondhjemite. Melt inclusions
from the S-type orthogneiss had granitic and granodioritic compositions. Analyses of incompletely
homogenized MI yielded exceptionally high concentrations of either SiO, (>87 wt %) or Al,O;
(22 wt %) or TiO, (2 wt %) or FeO (>3.8 wt %). Chupin et al. (1998) suggested that the unmelted
crystals were trapped along with silicate melt during MI formation, because the crystals did not
melt when heated to temperatures as high as 1250°C.

Based on MI compositions from detrital zircons, Chupin et al. (1998) were able to suggest
several different source terranes for the sediments. The zircons in both quartzites formed in mag-
mas of tonalitic-trondhjemitic to granitic composition that were emplaced into the sediment source
regions at ~3.26 Ga. Zircons from both quartzites also had similarly rounded and pitted shapes and
the crystals were interpreted as having traveled similar distances from source regions. Based on the
similarity of external morphologies of the detrital zircons containing MI with tonalitic-trondhjemitic
compositions with those having granitic compositions, Chupin et al. (1998) further suggested that
the two sources were proximal to one another. The MI in these detrital zircons document the earliest
granitoid magmatism in South Africa. The Chupin et al. (1998) study illustrates that MI composi-
tions from detrital zircons provide important compositional information (in addition to zircon ages,
geochemical/isotopic composition) that may be useful to fingerprint sediment sources.

METHODOLOGY

Melt inclusions in zircons are common but many are not suitable for geochemical analysis.
Most often, the MI are rejected because they show obvious cracks intersecting the inclusion walls.
In many cases only a very small proportion (~10%) of all the zircons in the rock are suitable for
microthermometric and geochemical analysis. Because a given thin section may only contain a few
tens (or fewer) of zircon crystals, petrographic observation of thin sections is not the most efficient
means of identifying and selecting zircons for M1 studies. Mineral separates are usually more suit-
able than thin sections for selection of zircon crystals for study. Conventional rock crushing, heavy
liquid and magnetic separation are used to concentrate zircons into a mineral separate. Immersion
of individual zircon crystals in refractive index oil makes it easier to observe internal features in
crystals, especially if crystals have a rough surface and/or if matrix glass is attached to the crystal
surfaces. Zircons containing suitable inclusions are handpicked from mineral separates under a
binocular microscope using an Irwin loop. Crystalline MI are typically dark colored and
polymineralic, sometimes containing a visible vapor phase. The vapor phase can be difficult to
identify within crystalline MI because it commonly occurs as distorted bubbles and/or as films on
daughter crystals.

Crystalline MI may be distinguished from solid mineral inclusions during careful petrographic
observation using strongly collimated light, owing to the fine-grained texture of the polymineralic
aggregates that formed during slow cooling. In contrast, glass inclusions are commonly clear to
light brown in color and may contain one (or more) discernible vapor bubbles.

The methods used to prepare both crystalline and glass MI contained in zircons for analysis
are discussed below. Melt inclusions and zircons used to illustrate these techniques are from a 56
Ma quartz diorite from the Quottoon Igneous Complex (British Columbia, Canada) and from a
74 ka rhyolite unit of the youngest Toba Tuff (Sumatra, Indonesia). Field relations, sample loca-
tions, bulk rock chemistry and petrogenesis are described in detail in Thomas and Sinha (1999;
sample 2093) for the quartz diorite and in Chesner (1998) for the rhyolite. Zircons from both
localities are typically clear and euhedral, and contain MI as well as solid inclusions of apatite,
feldspar, and less commonly, oxide minerals. The MI from the quartz diorite were crystalline
and, therefore, required heating to produce a homogeneous glass suitable for microanalysis. Tech-
niques described for MI in the Quottoon MI would be applicable to any inclusions that crystal-
lized or devitrified during cooling, whereas, the techniques described for the Toba MI would be
applicable to glassy MIL.
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Petrography of melt inclusions hosted in zircon

Melt inclusions discussed in this chapter may be subdivided into two general types, glassy
inclusions (Fig. 1b,c) and crystalline inclusions (Figs. 1a,d-f; see Figs. 2 and 3 below). Glass and
crystalline MI are end-member types reflecting differences in the cooling rate, size and composi-
tion (including volatile content) of the trapped melt (Roedder 1979). A continuous spectrum of MI
textures between the end-member types occurs depending on the geologic setting in which the
zircon formed. Melt inclusions in zircon crystals from volcanic rocks are usually glassy (+ vapor
bubbles) due to rapid cooling of the entrapped melt after eruption (Fig. 1b). Glass MI have also
been observed in detrital zircons (Fig. 1c) indicating that glass inclusions can be preserved in zir-
cons that have undergone weathering, erosion and transport. In contrast, MI in zircons from plu-
tonic rocks are normally crystallized to polymineralic aggregates (Figs. 1d,e). In this chapter glassy
MI will be referred to as glass inclusions to distinguish them from crystalline MI. Glass MI that are
the result of laboratory heating are referred to as homogenized MI.

In rapidly cooled rocks, such as plinian pumices, the entrapped melt may be quenched to a
single-phase glass if cooling is sufficiently rapid, or one (or more) vapor bubbles may form with
slower cooling (Fig. 1b). Some small amount of the host mineral may precipitate onto the inclusion
walls during slow cooling. The amount of zircon that crystallizes onto the MI walls is generally
small, compared to MI in host minerals such as quartz or feldspar. The amount of zircon that can
crystallize from the melt within the inclusion is limited by the Zr content of the melt. For most felsic
melts, this amount of zircon is very small because Zr concentrations are generally less than about
300 ppm (e.g., Taylor and McLennan 1981). Owing to the large amount of quartz that typically
precipitates on the walls of quartz hosted MI, the size of the inclusion after heating is usually
noticeably larger compared to before heating. Zircon hosted MI, however, show no discernible
difference in size before and after heating.

In plutonic rocks (and in some volcanic rocks) the host phase and entrapped melt cool
slowly allowing vapor bubbles and daughter crystals to nucleate and grow from the melt (Figs.
1d,e). However, some small MI remain glassy while larger MI in the same zircon crystal have
crystallized to fine-grained aggregates. Crystalline MI may be composed of some mixture of
glass and daughter crystals or may be entirely fine-grained aggregates of daughter crystals. Daugh-
ter crystals range from lath-shaped to anhedral feathery masses of both transparent and dark-
colored minerals. The refraction of light by daughter crystal aggregates causes MI to appear
dark. Petrographic observation and electron microprobe analyses of polished crystalline MI indi-
cate that the daughter crystals in the zircon hosted MI from the Quottoon quartz diorite are mostly
quartz and feldspar (Figs. 1d,e). Apatite occasionally (and feldspar rarely) occurs as a solid phase
trapped with the melt that formed the MI (Fig. 1d) and as solid mineral inclusions in zircon
crystals (Fig. le). In crystalline MI it may be difficult to distinguish between daughter crystals
and trapped crystals. Trapped crystals may sometimes be identified if they extend far beyond the
MI wall into the zircon host, are exceptionally large, or do not melt at temperatures similar to the
homogenization temperatures recorded for other MI in the same group (Roedder 1984, Chupin et
al. 1998).

Morphologies of MI in zircon range from ovoid (Figs. 1a-d) to irregularly-shaped (Fig. 2)
to negative-crystal-shaped (Fig. 3a). Melt inclusions range from <1 pum to several tens or hun-
dreds of microns in maximum dimension. The maximum dimension is limited only by the size of
the host crystal. Zircons in most rocks are typically <1 mm long and, therefore, most MI in zircon
are <100 um in their longest dimension. Halos of small inclusions occur around some crystalline
MI, suggesting that the MI decrepitated and expelled some of its contents into the surrounding
zircon (Fig. le). Decrepitation halos have not been observed around glass Ml in zircons, suggest-
ing that the halos most likely form by over-pressurization of the inclusion due to volatile exsolution
during crystallization of the melt within the inclusion (Roedder 1984, Student and Bodnar 1996).
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Figure 2. Transmitted light photographs of a heating sequence (~12 hours for each heating step). Zircon is
from the Quottoon quartz diorite. (a) A large crystalline melt inclusion occurs near the center of the zircon and
two smaller inclusions occur near the unbroken crystal termination. (b) A higher magnification photograph,
taken before heating, of the large crystalline melt inclusion located near the center of the crystal. No distinct
outlines of daughter crystals or bubbles are visible in the melt inclusion due to its fine-grained texture. The bar
in the upper right of the photograph is 25 um long. (c) After the first heating step at 785°C, two distinct vapor
bubbles formed and several small daughter crystals (feldspar? and/or quartz?, denoted by white arrowheads)
surrounded by glass were visible in the left side of the melt inclusion. (d-e) Daughter crystals and bubbles
continually decreased in size during each successive heating step. (f) At 900°C the daughter crystals completely
dissolved into the melt and quenching formed a glass containing two vapor bubbles. Note the increased clarity
of the inclusion as the daughter crystals dissolved into the melt.

Homogenized MI (960°C)

Figure 3. Melt inclusion in a zircon crystal from
the Quottoon quartz diorite. (a) Transmitted light
photograph of a zircon containing a crystalline melt
inclusion. The inset shows an enlargement of the
same inclusion after homogenization at 960°C. (b)
A back-scattered electron image of the same zircon
containing the homogenized melt inclusion exposed

at the surface by grinding-polishing. The inset shows

O an enlargement of the inclusion along with

representative ion probe spot sizes. [Used by

permission of Elsevier Science, from Thomas et al.

O (2002) Geochimica et Cosmochimica Acta, Vol. 66,
Fig. 1, p. 2889]
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Heating and homogenization of crystalline melt inclusions in zircon

The applications of crystalline and glassy inclusions in igneous petrology are similar; how-
ever, a major difference is related to sample preparation for microanalysis. Glass MI do not require
heating to produce a homogeneous glass for analysis, therefore, preparation simply requires expo-
sure of the inclusion on the surface for microbeam analysis. In contrast, crystalline MI are heteroge-
neous aggregates of daughter crystals. Therefore, spot analyses (e.g., electron or ion microprobe) of
crystalline MI would yield a mixed composition of the phases within the analytical volume of the
microbeam, and not the composition of the melt originally trapped. Laboratory heating of crystal-
line MI is necessary to produce a homogeneous glass for analysis. Inclusions open to the surface
and/or intersected by cracks should not be selected for homogenization experiments because they
may not have remained closed systems after entrapment in the host crystal. Alternatively, crystal-
line MI may be analyzed by laser ablation inductively coupled plasma mass spectrometry (LA-ICP-
MS) without the need to homogenize the inclusion. In general, a crystalline Ml is positioned beneath
a laser beam so that the hole drilled during ablation passes through any host crystal surrounding the
inclusion and includes the entire volume of the MI into the analytical volume (Halter et al. 2002).
The proportions of MI and host phase included in the analytical volume are calculated based on
ratios of certain elements in the bulk rock (Halter et al. 2002).

Crystalline MI in many minerals (e.g., quartz, feldspar, pyroxene, olivine, etc.) are routinely
homogenized using microscope heating stages and one-atmosphere furnaces (e.g., Sobolev and
Kostyuk 1975, Roedder 1984, Kamenetsky et al. 1997, Nielsen et al. 1997). It is preferable to
homogenize crystalline MI using a heating stage mounted on a microscope so that phase changes
can be observed during heating. Alternatively, crystalline MI may be step-heated in a furnace and
phase changes can be observed after each heating step. However, it has been our experience that
heating crystalline MI at one atmosphere generates high internal pressure that commonly causes
decrepitation. Decrepitation of MI and loss of volatiles results in incomplete melting of the daugh-
ter crystals that precipitated from the melt. Other workers have experienced similar problems (Chupin
et al. 1998; C. Czabo 2002, pers. comm.) when attempting to homogenize crystalline MI in zircon
at one atmosphere. We have successfully homogenized crystalline MI by heating them under pres-
sure (1200-1600 bars in argon) in TZM (titanium-zirconium-molybdenum alloy) vessels, followed
by rapid quenching to produce a homogeneous glass (Figs. 2 and 3). Other workers (Thomas 1994,
Schmidt et al. 1998) have shown that heating inclusions under pressure minimizes decrepitation,
compared to heating at one atmosphere.

To prevent losing the small crystals during heating, zircons containing crystalline MI are folded
into Pt foil and inserted into unwelded Pt capsules before loading into the TZM vessel. To deter-
mine the sequence of phase changes during heating, zircons containing crystalline MI were step-
heated in approximately 20°C increments, typically starting at 750°C, and held at temperature for
~12 hours. After each increment of heating, the inclusions were quenched and examined to deter-
mine the degree of homogeneity. If an inclusion had not completely homogenized, the crystals were
placed back into the TZM vessel and heated to a temperature ~15-20 degrees higher than the previ-
ous step. This process was repeated until all daughter crystals were completely melted as illustrated
in Figure 2. The first signs of melting typically occurred after the 750°C heating step (Fig. 2c¢),
evidenced by increased clarity of the inclusions and recognition of vapor bubbles. Daughter crys-
tals and bubbles progressively decrease in size during each heating step as more melt forms (Figs.
2b-f). Following homogenization and quenching, the MI contain a crystal-free glass (+ vapor bubbles).
The crystalline MI in zircons from the quartz diorite homogenized between 875°C and 1000°C.

Major and trace element compositions of melt inclusions in zircon

Melt inclusion compositions have been determined using a variety of microanalytical tech-
niques. For example, major and minor element concentrations have been determined by electron
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microprobe (Morgan and London 1996), trace element and isotopic abundances have been deter-
mined by SIMS, secondary ion mass spectrometry (Shimizu and Hart 1982, Hervig et al. 1989,
Sisson and Layne 1993, Webster and Duffield 1991, Shimizu et al. 1997, Shimizu 1998), LA-ICP-
MS (Halter et al. 2002), and volatile contents have been determined by FTIR or Raman spectros-
copy (Anderson et al. 1989, Thinger et al. 1994, Lowenstern 1994, Thomas 2000). When developing
an analytical protocol, nondestructive techniques, such as electron microprobe and Raman spec-
troscopy, should be employed first, followed by destructive techniques such as SIMS and LA-ICP-
MS. Here we describe an analytical protocol involving electron microprobe and SIMS analyses,
designed to determine major element and REE and other trace element abundances in MI. We first
conduct major and minor element analyses of the MI and host zircons using an electron microprobe
followed by trace element analyses using SIMS. With this analytical protocol, zircons containing
glass MI were cast in epoxy and ground-polished to expose the inclusion at the surface. Thomas
and Bodnar (2002) describe a method for mounting individual zircon crystals so that each zircon
can be ground and polished to expose a pre-selected MI at the crystal surface.

Major and minor element compositions of the melt inclusions were determined at Virginia
Tech with a Caméca® SX-50 electron microprobe equipped with four wavelength-dispersive spec-
trometers enabling four elements to be measured simultaneously. For glass (melt inclusion) analy-
ses, an accelerating voltage of 15 kV was used with a beam current of 2-5 nA, and a beam diameter
<5 um. Na and K were measured in the first 30 s to minimize the effect of volatilization. For
electron microprobe analyses of zircon the beam current was increased to 100 nA with a beam
diameter of ~1 wm. Analytical schemes for melt inclusions and zircons used 20-40 s counting times
(peak and background) for major elements; for minor and trace elements the counting times were
60-600 s. Initial standardization was performed with a combination of minerals and glasses similar
in composition to the melt inclusions and the host zircons. The accuracy of major element data is
better than +2% relative, and the accuracy of minor element analyses varies from 2-10% relative.

Trace element abundances were measured with a Caméca® IMS 3f ion microprobe at Woods
Hole Oceanographic Institution using previously described procedures (e.g., Shimizu and Hart 1982,
Shimizu et al. 1997, Shimizu 1998). Gold-coated polished sections were analyzed using a primary
O beam with a primary beam current of ~1 nA. A beam diameter of ~12-15 um was used for REE
analyses. Molecular ion interferences were suppressed by offsetting the secondary-ion accelerating
voltage by 60 V for REE with an energy window of £10 V using an energy-filtering technique
(Shimizu and Hart 1982). Element abundances were determined by converting secondary-ion in-
tensity (ratioed against silicon), using empirical relationships between intensity and concentration
based on analyses of rhyolite glass standards. Analytical uncertainties are mainly due to counting
statistics (5-15% for the REE).

Some typical analytical results obtained from homogenized crystalline MI from the Quottoon
quartz diorite and from glass MI from the Toba rhyolite are described below. Petrographic observa-
tions (Figs. 1, 2 and 3a), back-scattered electron imagery (Fig. 3b), electron microprobe major
element traverses and electron microprobe/SIMS trace element traverses confirmed the chemical
homogeneity of individual MI (including homogenized crystalline inclusions) and the host zircon
crystals. SiO, contents range from 68.9 to 74.9 wt % for MI in zircons from the quartz diorite and
from 74.9 to 78.8 wt % for MI in zircons from the rhyolite (Fig. 4). The major element concentra-
tions show little correlation with SiO, content (Fig. 4). Other than SiO,, no systematic differences
are observed between major element concentrations of MI in zircon grains from the quartz diorite
and those from the rhyolite. In both cases, melts that precipitated zircon are calc-alkaline,
peraluminous and chemically classified as granite (or rhyolite; Barker 1979, Cox et al. 1979).

Chondrite-normalized (Nakamura 1974) REE abundances of MI and the immediately adja-
cent zircon host are shown in Figure 5. Melt inclusions display smooth U-shaped chondrite-nor-
malized REE patterns (Figs. 5a,b) that differ significantly from the host zircons (Figs. 5c,d). Lay/
Yby ratios (where the subscript N refers to the chondrite normalized concentration) for MI from the
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Figure 4. Major element variation diagrams for SiO, M— —
vs. (a) AL,O; and (b) K,O for melt inclusions in zircon @
from the Quottoon quartz diorite and from the Toba 13
rhyolite. °

quartz diorite range from 0.63 to 7.51 (average =
2.6) and from 0.42-8.33 (average = 2.14) for MI
from the rhyolite, indicating that light REE are not ° o
strongly fractionated from heavy REE (Figs. 5a,b). " . 1
The highest Lan/Yby ratios correspond to inclu-
sions with the lowest Yb abundances. While the 6l 4+
light REE are not strongly fractionated from the (b) o o
heavy REE in MI, light REE are somewhat frac-
tionated from the middle REE (Figs. 5a,b) as shown 5L . (3 i
by the U-shaped chondrite-normalized REE pat-
terns. With the exception of two analyses of MI
from the quartz diorite, the REE abundances of 4| ° ]
the MI and zircons from the quartz diorite and from U
the rhyolite are similar.
The zircon crystals analyzed are enriched in sl \
heavy REE, but depleted in the light REE, relative 68 0 gio (WtZ,j) e 8
to the melt inclusions (Figs. 5¢,d). With the ex- 2
ception of Ce, concentrations of REE in zircon
increase smoothly from La to Yb. Zircon crystals
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Figure 5. Chondrite-normalized rare earth element abundances of melt inclusions and zircon hosts from
the Quottoon quartz diorite and the Toba rhyolite. The gray-shaded overlays in (b) and (d) outline the rare
earth element patterns of the melt inclusions and zircons from the quartz diorite.
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display large positive Ce anomalies (Ce/Ce* = Cey/ V[Layx Ndy]) ranging from 3.16 to 15.8 (aver-
age = 9.4) for zircon crystals from the quartz diorite and from 2.34 to 36.4 (average = 13.76) in
zircon crystals from the rhyolite. The Lay/Yby ratios of the zircons from the quartz diorite range
from 0.00093 to 0.00927 (average = 0.00333) and the Lan/Yby for zircons from the rhyolite range
from <0.001 to 0.019 (average = 0.004). Total REE of the zircon crystals (for the seven REE ana-
lyzed in the zircon crystals) from the quartz diorite range from 263 to 2411 ppm (average = 910
ppm) and from 388 to 1662 ppm (average = 930 ppm) for zircon crystals from the rhyolite. This
range is consistent with abundances for these same REE measured in zircon crystals from other
felsic igneous rocks (Hoskin et al. 2000).

DETERMINING ZIRCON/MELT TRACE ELEMENT PARTITION
COEFFICIENTS USING MELT INCLUSIONS IN ZIRCON

In this section we describe the application of trace element analyses of MI and host zircon to
determine zircon/melt (= zc/melt) partition coefficients (*™"D,,, where the subscript M refers to the
trace element of interest). The melt inclusion-mineral (MIM) technique was used to calculate parti-
tion coefficients for the REE (La, Ce, Nd, Sm, Dy, Er and Yb) and Ba, Rb, B, Sr, Ti, Y and Nb,
based on analyses of natural MI contained in zircon crystals. The MIM technique combines many
of the advantages of conventional techniques used previously to determine *™D,, while at the
same time minimizing or eliminating many of the drawbacks of those techniques (e.g., accidentally
including small crystals in the glass separate). Most previous partitioning studies used bulk analy-
ses of zircon and either coexisting glass or whole rock separates to represent the melt composition
(Nagasawa 1970, Mahood and Hildreth 1983, Murali et al. 1983, Fujimaki 1986, Bea et al. 1994).
Watson (1980) determined “™"Dy; for La, Sm, Ho, and Lu using synthetic zircon crystals grown
from peralkaline melts (with no additional element(s) added for charge compensation, e.g., P> to
utilize the xenotime substitution).

With the MIM technique, trace element concentrations in MI and in the immediately adjacent
host mineral are measured by SIMS and used to calculate in sifu mineral/melt partition coefficients.
Lu et al. (1992) and Sobolev et al. (1996) pioneered this technique to determine partition coeffi-
cients in mineral/melt systems. The technique has been extended to determine zircon/melt partition
coefficients for REE and other trace elements in felsic systems (granitic and rhyolitic), using crys-
talline MI in zircon extracted from a quartz diorite of the Quottoon Igneous Complex in British
Columbia, Canada (Thomas et al. 2002) and from a rhyolite of the Toba Tuffs in Sumatra, Indonesia
(Chesner 1998). The partition coefficients obtained from analyses of homogenized MI and zircon
hosts from the quartz diorite are comparable to those obtained from analyses of unheated glass MI
and zircon hosts from the Toba rhyolite.

Trace element partitioning data and interpretations

Rare earth element partitioning. Zircon/melt partition coefficients for each zircon/MI pair
are listed in Table 1 and shown on Figure 6a. Zircon/melt REE partition coefficients increase with
increasing atomic number—the trend is similar to that determined by other workers (Nagasawa
1970, Hinton and Upton 1991, Watson 1980, Fujimaki 1986, Guo et al. 1996, and others; see also
the compilation at the GERM website at: http://earthref.org/GERM/ ). While the concentrations of
individual trace elements vary by more than one order of magnitude from one MI to the next (Fig.
5a) and from one zircon crystal to the next (Fig. 5c), the calculated partition coefficients for indi-
vidual REE generally vary by less than one order of magnitude (Table 1), reflecting the fact that MI
with the highest REE abundances are generally associated with zircon crystals with the highest
REE abundances. For example, the La concentration in the MI from the Quottoon Igneous Complex
zircon crystals varies from about 14 to 97 ppm, and the La concentration in host zircon ranges from
0.4 to 7.89 ppm. Assuming that the La concentrations in MI and zircon host vary randomly, one
could expect a range in calculated “™"Dy, of greater than two orders of magnitude (from 0.0041 to
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Table 1. Zircon/melt partition coefficients (Dree) calculated using REE abundances of melt inclusions and coexisting
zircon crystals from the Quottoon Igneous Complex and from the Toba rhyolite. [Quottoon Igneous Com-
plex data used by permission of Elsevier Science, from Thomas et al. (2002) Geochimica et Cosmochimica
Acta, Vol. 66, Table 3, p. 2894]

DLa DCe DNd DSm DDy DEr D(b
0.05 2.06 1.58 11.61 72.98 72.39 51.52
0.04 0.83 0.2 2.7 20.09 29 40.63
0.07 1.46 0.5 3.56 22.45 29.35 35.88
0.22 0.99 0.53 4.14 16.79 21.09 21.9
0.03 1.4 0.77 5.02 19.41 17.89 14.04
Quottoon 0.02 0.61 0.11 2.49 36.56 58.88 66.1
0.06 0.93 0.56 4.58 12.37 13.07 13.04
0.26 1.26 0.81 3.24 51.95 74.99 76.32
0.02 0.43 0.35 0.75 19.31 52.72 82.29
0.03 1.1 0.31 11.24 52.31 60.74 35.11
0.05 0.75 0.16 1.27 26.42 70 96.72
Median Dy 0.05 0.99 0.5 3.56 22.45 52.72 40.63
0.21 0.67 0.41 4.28 11.77 20.29 16.51
0.04 0.56 0.10 0.99 14.29 20.23 17.70
*0.01 0.56 0.76 4.71 84.12 220.81 242.70
0.43 1.35 0.76 5.25 41.83 38.21 32.13
0.03 0.83 0.12 2.52 29.45 33.56 39.92
Toba 0.03 0.29 0.24 1.32 90.39 19.27 29.74
*0.01 0.74 0.71 2.22 68.45 187.43 460.31
0.001 0.55 0.66 3.81 49.48 63.81 86.30
0.001 0.42 0.10 1.52 22.04 45.75 85.86
0.02 0.90 0.09 2.61 23.42 29.67 37.44
0.08 0.17 0.16 0.43 14.48 27.56 36.77
Median Dy 0.03 0.62 0.25 2.37 26.44 31.61 37.10

*hourglass shaped inclusions

Table2. Zircon/melt partition coefficients (Dy) calculated for lowest (top row) and highest (bottom row) La, Sm and
Yb abundances in the melt inclusions and zircon hosts. [Used by permission of Elsevier Science, from
Thomas et al. (2002) Geochimica et Cosmochimica Acta, Vol. 66, Table 4, p. 2896]

2Law ®La,ircon D, 2Smy °SMircon Dsm 2Yby ®YD,ircon Dy,
13.6 0.41 0.03 0.29 3.26 11.24 1.495 144.6 96.72
96.6 2.9 0.03 6.06 30.4 5.02 83.35 1170 14.04

(a) REE abundance in melt inclusion.
(b) REE abundance in zircon.

0.563). However, partition coefficients calculated for the two end-member melt concentrations re-
ported above are identical at 0.03 (Table 2), and the total range in ™D, is only about one order of
magnitude (from 0.02 to 0.26; Table 1). The variations in partition coefficients determined using
the MIM technique are consistent with those determ