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The mechanism of plate tectonics ix

Preface

s is well known, the study of tectonics, the branch 
of geology dealing with large-scale Earth structures 

and their deformation, experienced a major break-
through in the 1960s with the formulation of plate 
tectonics. The simultaneous confi rmation of sea fl oor 
spreading and continental drift, together with the recog-
nition of transform faults and subduction zones, derived 
from the interpretation of new and improved data from 
the fi elds of marine geology and geophysics, and 
earthquake seismology. By 1970 the essentials of plate 
tectonics – the extent of plates, the nature of the plate 
boundaries, and the geometry and kinematics of their 
relative and fi nite motions – were well documented.

As further details emerged, it soon became apparent 
that plates and plate boundaries are well-defi ned in 
oceanic areas, where the plates are young, relatively thin, 
but rigid, and structurally rather uniform, but that this is 
not true for continental areas. Where plates have conti-
nental crust embedded in them they are generally thicker, 
older and structurally more complex than oceanic plates. 
Moreover the continental crust itself is relatively weak 
and deforms more readily by fracture and even by fl ow. 
Thus the nature of continental tectonics is more complex 
than a simple application of plate tectonic theory would 
predict and it has taken much longer to document and 
interpret. An important element in this has been the 
advent of Global Positioning data that have revealed 
details of the deformation fi eld in complex areas.

The other major aspect of plate tectonics in which 
progress initially was slow is the driving mechanism 
for plate motions. Signifi cant progress here had to await 
the development of new seismologic techniques and 
advances in laboratory and computer modeling of con-
vection in the Earth’s mantle.

Since 1990, when the fi rst edition of Global Tectonics 
appeared, there have been many developments in our 
understanding of Earth structure and its formation, par-
ticularly in relation to continental tectonics and mantle 
convection. As a consequence, approximately two-thirds 
of the fi gures and two-thirds of the text in this third 
edition are new. The structure of the book is largely 
unchanged. The order in which data and ideas are pre-
sented is in part historical, which may be of some interest 
in itself, but it has the advantage of moving from simple 
to more complex concepts, from the recent to the distant 
past, and from the oceanic to the continental realms. 

Thus one moves from consideration of the fundamentals 
of plate tectonics, which are best illustrated with refer-
ence to the ocean basins, to continental tectonics, culmi-
nating in Precambrian tectonics, and a discussion of the 
possible nature of the implied convection in the mantle.

The book is aimed at senior undergraduate students 
in the geological sciences and postgraduate students and 
other geoscientists who wish to gain an insight into the 
subject. We assume a basic knowledge of geology, and 
that for a full description of geophysical and geochemi-
cal methodology it will be necessary to refer to other 
texts. We have attempted to provide insights into the 
trends of modern research and the problems still out-
standing, and have supplied a comprehensive list of ref-
erences so that the reader can follow up any item of 
particular interest. We have included a list of questions 
for the use of tutors in assessing the achievement of 
their students in courses based on the book. These are 
mainly designed to probe the students’ integrative 
powers, but we hope that in their answers students will 
make use of the references given in the text and material 
on relevant websites listed on the book’s website at: 
http://www.blackwellpublishing.com/kearey

The initial impact of the plate tectonic concept, in the 
fi elds of marine geology and geophysics and seismology, 
was quickly followed by the realization of its relevance 
to igneous and metamorphic petrology, paleontology, 
sedimentary and economic geology, and all branches of 
goescience. More recently its potential relevance to the 
Earth system as a whole has been recognized. In the past, 
processes associated with plate tectonics may have pro-
duced changes in seawater and atmospheric chemistry, 
in sea level and ocean currents, and in the Earth’s climate. 
These ideas are briefl y reviewed in an extended fi nal 
chapter on the implications of plate tectonics. This 
extension of the relevance of plate tectonics to the 
atmosphere and oceans, to the evolution of life, and pos-
sibly even the origin of life on Earth is particularly grat-
ifying in that it emphasizes the way in which the 
biosphere, atmosphere, hydrosphere, and solid Earth are 
interrelated in a single, dynamic Earth system.

 K.A. KLEPEIS
 F.J. VINE

A companion resources website for this book is avail-
able at http://www.blackwellpublishing.com/kearey
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he fi rst two editions of Global Tectonics were 
largely written by Phil Kearey. Tragically Phil 

died, suddenly, in 2003 at the age of 55, just after 
starting work on a third edition. We are indebted to 
his wife, Jane, for encouraging us to complete a 
third edition. Phil had a particular gift for writing 
succinct and accessible accounts of often diffi cult 
concepts, which generations of students have been 
thankful for. We are very conscious of the fact that 
our best efforts to emulate his style have often fallen 
short.
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2 CHAPTER 1

1.1 CONTINENTAL 
DRIFT

Although the theory of the new global tectonics, or 
plate tectonics, has largely been developed since 1967, 
the history of ideas concerning a mobilist view of the 
Earth extends back considerably longer (Rupke, 1970; 
Hallam, 1973a; Vine, 1977; Frankel, 1988). Ever since 
the coastlines of the continents around the Atlantic 
Ocean were fi rst charted, people have been intrigued by 
the similarity of the coastlines of the Americas and of 
Europe and Africa. Possibly the fi rst to note the similar-
ity and suggest an ancient separation was Abraham 
Ortelius in 1596 (Romm, 1994). In 1620, Francis Bacon, 
in his Novum Organum, commented on the similar form 
of the west coasts of Africa and South America: that is, 
the Atlantic coast of Africa and the Pacifi c coast of South 
America. He also noted the similar confi gurations of 
the New and Old World, “both of which are broad and 
extended towards the north, narrow and pointed 
towards the south.” Perhaps because of these observa-
tions, for there appear to be no others, Bacon is often 
erroneously credited with having been fi rst to notice 
the similarity or “fi t” of the Atlantic coastlines of South 
America and Africa and even with having suggested that 
they were once together and had drifted apart. In 1668, 
François Placet, a French prior, related the separation 
of the Americas to the Flood of Noah. Noting from the 
Bible that prior to the fl ood the Earth was one and 
undivided, he postulated that the Americas were formed 
by the conjunction of fl oating islands or separated from 
Europe and Africa by the destruction of an intervening 
landmass, “Atlantis.” One must remember, of course, 
that during the 17th and 18th centuries geology, like 
most sciences, was carried out by clerics and theolo-
gians who felt that their observations, such as the occur-
rence of marine fossils and water-lain sediments on high 
land, were explicable in terms of the Flood and other 
biblical catastrophes.

Another person to note the fi t of the Atlantic coast-
lines of South America and Africa and to suggest that 
they might once have been side by side was Theodor 
Christoph Lilienthal, Professor of Theology at Königs-
berg in Germany. In a work dated 1756 he too related 
their separation to biblical catastrophism, drawing on 
the text, “in the days of Peleg, the earth was divided.” 
In papers dated 1801 and 1845, the German explorer 

Alexander von Humbolt noted the geometric and geo-
logic similarities of the opposing shores of the Atlantic, 
but he too speculated that the Atlantic was formed by 
a catastrophic event, this time “a fl ow of eddying waters 
. . . directed fi rst towards the north-east, then towards 
the north-west, and back again to the north-east . . . 
What we call the Atlantic Ocean is nothing else than a 
valley scooped out by the sea.” In 1858 an American, 
Antonio Snider, made the same observations but postu-
lated “drift” and related it to “multiple catastrophism” 
– the Flood being the last major catastrophe. Thus 
Snider suggested drift sensu stricto, and he even went so 
far as to suggest a pre-drift reconstruction (Fig. 1.1).

The 19th century saw the gradual replacement of 
the concept of catastrophism by that of “uniformitari-
anism” or “actualism” as propounded by the British 
geologists James Hutton and Charles Lyell. Hutton 
wrote “No powers are to be employed that are not 
natural to the globe, no action to be admitted of except 
those of which we know the principle, and no extraor-
dinary events to be alleged in order to explain a common 
appearance.” This is usually stated in Archibald Geikie’s 
paraphrase of Hutton’s words, “the present is the key 
to the past,” that is, the slow processes going on at and 
beneath the Earth’s surface today have been going on 
throughout geologic time and have shaped the surface 
record. Despite this change in the basis of geologic 

Figure 1.1  Snider’s reconstruction of the continents 
(Snider, 1858).
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thought, the proponents of continental drift still 
resorted to catastrophic events to explain the separation 
of the continents. Thus, George Darwin in 1879 and 
Oswald Fisher in 1882 associated drift with the origin 
of the Moon out of the Pacifi c. This idea persisted well 
into the 20th century, and probably accounts in part for 
the reluctance of most Earth scientists to consider the 
concept of continental drift seriously during the fi rst 
half of the 20th century (Rupke, 1970).

A uniformitarian concept of drift was fi rst suggested 
by F.B. Taylor, an American physicist, in 1910, and 
Alfred Wegener, a German meteorologist, in 1912. For 
the fi rst time it was considered that drift is taking place 
today and has taken place at least throughout the past 
100–200 Ma of Earth history. In this way drift was 
invoked to account for the geometric and geologic 
similarities of the trailing edges of the continents 
around the Atlantic and Indian oceans and the forma-
tion of the young fold mountain systems at their leading 
edges. Taylor, in particular, invoked drift to explain the 
distribution of the young fold mountain belts and “the 
origin of the Earth’s plan” (Taylor, 1910) (Fig. 1.2 and 
Plate 1.1 between pp. 244 and 245).

The pioneer of the theory of continental drift is 
generally recognized as Alfred Wegener, who as well as 
being a meteorologist was an astronomer, geophysicist, 
and amateur balloonist (Hallam, 1975), and he devoted 
much of his life to its development. Wegener detailed 
much of the older, pre-drift, geologic data and main-
tained that the continuity of the older structures, for-
mations and fossil faunas and fl oras across present 
continental shorelines was more readily understood on 
a pre-drift reconstruction. Even today, these points are 
the major features of the geologic record from the con-
tinents which favor the hypothesis of continental drift. 
New information, which Wegener brought to his thesis, 
was the presence of a widespread glaciation in Permo-
Carboniferous times which had affected most of the 
southern continents while northern Europe and Green-
land had experienced tropical conditions. Wegener pos-
tulated that at this time the continents were joined into 
a single landmass, with the present southern continents 
centered on the pole and the northern continents strad-
dling the equator (Fig. 1.3). Wegener termed this con-
tinental assembly Pangea (literally “all the Earth”) 
although we currently prefer to think in terms of A. du 

Figure 1.2  Taylor’s mechanism for the formation of Cenozoic mountain belts by continental drift (after Taylor, 1910).
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Figure 1.3  Wegener’s reconstruction of the continents (Pangea), with paleoclimatic indicators, and paleopoles and 
equator for (a) Carboniferous and (b) Permian time. I, ice; C, coal; S, salt; G, gypsum; D, desert sandstone; hatched areas, 
arid zones (modifi ed from Wegener, 1929, reproduced from Hallam, 1973a, p. 19, by permission of Oxford University 
Press).
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Toit’s idea of it being made up of two supercontinents 
(du Toit, 1937) (Fig. 11.27). The more northerly of these 
is termed Laurasia (from a combination of Laurentia, a 
region of Canada, and Asia), and consisted of North 
America, Greenland, Europe, and Asia. The southerly 
supercontinent is termed Gondwana (literally “land of 
the Gonds” after an ancient tribe of northern India), 
and consisted of South America, Antarctica, Africa, 
Madagascar, India, and Australasia. Separating the two 
supercontinents to the east was a former “Mediterra-
nean” sea termed the paleo-Tethys Ocean (after the 
Greek goddess of the sea), while surrounding Pangea 
was the proto-Pacifi c Ocean or Panthalassa (literally 
“all-ocean”).

Wegener propounded his new thesis in a book Die 
Entstehung der Kontinente and Ozeane (The Origin of Con-
tinents and Oceans), of which four editions appeared in 
the period 1915–29. Much of the ensuing academic dis-
cussion was based on the English translation of the 1922 
edition which appeared in 1924, consideration of the 
earlier work having been delayed by World War I. Many 
Earth scientists of this time found his new ideas diffi cult 
to encompass, as acceptance of his work necessitated a 
rejection of the existing scientifi c orthodoxy, which was 
based on a static Earth model. Wegener based his theory 
on data drawn from several different disciplines, in 
many of which he was not an expert. The majority of 
Earth scientists found fault in detail and so tended to 
reject his work in toto. Perhaps Wegener did himself a 
disservice in the eclecticism of his approach. Several of 
his arguments were incorrect: for example, his estimate 
of the rate of drift between Europe and Greenland 
using geodetic techniques was in error by an order of 
magnitude. Most important, from the point of view of 
his critics, was the lack of a reasonable mechanism for 
continental movements. Wegener had suggested that 
continental drift occurred in response to the centripetal 
force experienced by the high-standing continents 
because of the Earth’s rotation. Simple calculations 
showed the forces exerted by this mechanism to be 
much too small. Although in the later editions of his 
book this approach was dropped, the objections of the 
majority of the scientifi c community had become estab-
lished. Du Toit, however, recognized the good geologic 
arguments for the joining of the southern continents 
and A. Holmes, in the period 1927–29, developed a new 
theory of the mechanism of continental movement 
(Holmes, 1928). He proposed that continents were 
moved by convection currents powered by the heat of 
radioactive decay (Fig. 1.4). Although differing consider-

ably from the present concepts of convection and ocean 
fl oor creation, Holmes laid the foundation from which 
modern ideas developed.

Between the World Wars two schools of thought 
developed – the drifters and the nondrifters, the latter 
far outnumbering the former. Each ridiculed the other’s 
ideas. The nondrifters emphasized the lack of a plausi-
ble mechanism, as we have already noted, both convec-
tion and Earth expansion being considered unlikely. The 
nondrifters had diffi culty in explaining the present sepa-
ration of faunal provinces, for example, which could be 
much more readily explained if the continents were 
formerly together, and their attempts to explain these 
apparent faunal links or migrations also came in for 
some ridicule. They had to invoke various improbable 
means such as island stepping-stones, isthmian links, or 
rafting. It is interesting to note that at this time many 
southern hemisphere geologists, such as du Toit, Lester 
King, and S.W. Carey, were advocates of drift, perhaps 
because the geologic record from the southern conti-
nents and India favors their assembly into a single super-
continent (Gondwana) prior to 200 Ma ago.

Very little was written about continental drift 
between the initial criticisms of Wegener’s book and 
about 1960. In the 1950s, employing methodology sug-
gested by P.M.S. Blackett, the paleomagnetic method 
was developed (Section 3.6), and S.K. Runcorn and his 
co-workers demonstrated that relative movements had 
occurred between North America and Europe. The 
work was extended by K.M. Creer into South America 
and by E. Irving into Australia. Paleomagnetic results 
became more widely accepted when the technique of 
magnetic cleaning was developed in which primary 
magnetization could be isolated. Coupled with dating 
by faunal or newly developed radiometric methods, the 
paleomagnetic data for Mesozoic to Recent times 
showed that there had been signifi cant differences, 
beyond the scope of error, in the motions between 
various continents.

An important consideration in the development of 
ideas relating to continental drift was that prior to 
World War II geologists had, necessarily, only studied 
the land areas. Their fi ndings had revealed that the con-
tinental crust preserves a whole spectrum of Earth 
history, ranging back to nearly 4000 Ma before the 
present, and probably to within a few hundred million 
years of the age of the Earth and the solar system itself. 
Their studies also revealed the importance of vertical 
movements of the continental crust in that the record 
was one of repeated uplift and erosion, subsidence, and 
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sedimentation. But as J. Tuzo Wilson, a Canadian geo-
physicist, said, this is like looking at the deck of a ship 
to see if it is moving.

1.2 SEA FLOOR 
SPREADING AND 
THE BIRTH OF 
PLATE TECTONICS

If there is a possibility that the continental areas have 
been rifted and drifted apart and together, then presum-
ably there should be some record of this within the 

ocean basins. However, it is only since World War II and 
notably since 1960 that suffi cient data have been 
obtained from the 60% of the Earth’s surface covered 
by deep water for an understanding of the origin and 
history of the ocean basins to have emerged. It tran-
spires that, in contrast to the continents, the oceanic 
areas are very young geologically (probably no greater 
than 200 Ma in age) and that horizontal, or lateral, 
movements have been all-important during their history 
of formation.

In 1961, following intensive surveying of the sea 
fl oor during post-war years, R.S. Dietz proposed the 
mechanism of “sea fl oor spreading” to explain conti-
nental drift. Although Dietz coined the term “sea fl oor 
spreading,” the concept was conceived a year or two 
earlier by H.H. Hess. He suggested that continents 
move in response to the growth of ocean basins between 
them, and that oceanic crust is created from the Earth’s 
mantle at the crest of the mid-ocean ridge system, a 

Figure 1.4  The concept of convection as suggested by Holmes (1928), when it was believed that the oceanic crust was 
a thick continuation of the continental “basaltic layer”. (a) Currents ascending at A spread laterally, place a continent 
under tension and split it, providing the obstruction of the old ocean fl oor can be overcome. This is accomplished by the 
formation of eclogite at B and C, where sub-continental currents meet sub-oceanic currents and turn downwards. The 
high density of the eclogite causes it to sink and make room for the continents to advance. (b) The foundering of 
eclogite at B and C contributes to the main convective circulation. The eclogite melts at depth to form basaltic magma, 
which rises in ascending currents at A, heals the gaps in the disrupted continent and forms new ocean fl oor. Local 
swells, such as Iceland, would be formed from old sial left behind. Smaller current systems, initiated by the buoyancy of 
the basaltic magma, ascend beneath the continents and feed fl ood basalts or, beneath “old” (Pacifi c) ocean fl oor, feed 
the outpourings responsible for volcanic islands and seamounts (redrawn from Holmes, 1928).



HISTORICAL PERSPECTIVE 7

volcanic submarine swell or rise which occupies a 
median position in many of the world’s oceans (Fig. 
1.5). Oceanic crust is much thinner than continental 
crust, having a mean thickness of about 7 km, com-
pared with the average continental thickness of about 
40 km; is chemically different; and is structurally far less 
complex. The lateral motion of the oceanic crust was 
believed to be driven by convection currents in the 
upper mantle in the fashion of a conveyer belt. In order 
to keep the surface area of the Earth constant, it was 
further proposed that the oceanic crust is thrust back 
down into the mantle and resorbed at oceanic trenches. 
These are vast bathymetric depressions, situated at 
certain ocean margins and associated with intense vol-
canic and earthquake activity. Within this framework 
the continents are quite passive elements – rafts of less 
dense material which are drifted apart and together by 
ephemeral ocean fl oors. The continents themselves are 
a scum of generally much older material that was 
derived or separated from the Earth’s interior either at 
a very early stage in its history or, at least in part, steadily 
throughout geologic time. Instead of blocks of crust, 
we now think in terms of “plates” of comparatively 
rigid upper mantle and crust, perhaps 50–100 km thick 
and which we term lithosphere (a term originally coined 
by R.A. Daly many years ago and meaning “rock layer”). 
Lithospheric plates can have both continental and 
oceanic crust embedded in them.

The theory of sea fl oor spreading was confi rmed in 
the period 1963–66 following the suggestion of F.J. Vine 
and D.H. Matthews that the magnetic lineations of the 
sea fl oor might be explained in terms of sea fl oor 
spreading and reversals of the Earth’s magnetic fi eld 
(Section 4.1). On this model the conveyor belt of oceanic 
crust is viewed as a tape recorder which registers the 

history of reversals of the Earth’s magnetic fi eld.
A further precursor to the development of the 

theory of plate tectonics came with the recognition, by 
J.T. Wilson in 1965, of a new class of faults termed 
transform faults, which connect linear belts of tectonic 
activity (Section 4.2). The Earth was then viewed as a 
mosaic of six major and several smaller plates in relative 
motion. The theory was put on a stringent geometric 
basis by the work of D.P. McKenzie, R.L. Parker, and 
W.J. Morgan in the period 1967–68 (Chapter 5), and 
confi rmed by earthquake seismology through the work 
of B. Isacks, J. Oliver, and L.R. Sykes.

The theory has been considerably amplifi ed by 
intensive studies of the geologic and geophysical pro-
cesses affecting plate margins. Probably the aspect 
about which there is currently the most contention is 
the nature of the mechanism that causes plate motions 
(Chapter 12).

Although the basic theory of plate tectonics is well 
established, understanding is by no means complete. 
Investigating the implications of plate tectonics will 
fully occupy Earth scientists for many decades to 
come.

1.3 GEOSYNCLINAL 
THEORY

Prior to the acceptance of plate tectonics, the static 
model of the Earth encompassed the formation of tec-
tonically active belts, which formed essentially by verti-
cal movements, on the site of geosynclines. A review of 
the development of the geosyncline hypothesis and its 
explanation in terms of plate tectonics is provided by 
Mitchell & Reading (1986).

Geosynclinal theory envisaged elongate, geographi-
cally fi xed belts of deep subsidence and thick sediments 
as the precursors of mountain ranges in which the strata 
were exposed by folding and uplift of the geosynclinal 
sediments (Dickinson, 1971). A plethora of specifi c 
nomenclature evolved to describe the lithological asso-
ciations of the sedimentary fi ll and the relative locations 
of the geosynclines.

The greatest failing of geosynclinal theory was that 
tectonic features were classifi ed without there being
an understanding of their origin. Geosynclinal 

Mantle

Figure 1.5  The concept of sea fl oor spreading (after 
Hess, 1962).
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nomenclature consequently represented an impedi-
ment to the recognition of a common causal mecha-
nism. The relation of sedimentation to the mobilistic 
mechanism of plate tectonics (Mitchell & Reading, 
1969) allowed the recognition of two specifi c environ-
ments in which geosynclines formed, namely rifted, or 
trailing, continental margins and active, or leading, 
continental margins landward of the deep oceanic 
trenches. The latter are now known as subduction 
zones (Chapter 9). Although some workers retain geo-
synclinal terminology to describe sedimentary associa-
tions (e.g. the terms eugeosyncline and miogeosyncline 
for sediments with and without volcanic members, 
respectively), this usage is not recommended, and the 
term geosyncline must be recognized as no longer rel-
evant to plate tectonic processes.

1.4 IMPACT OF 
PLATE TECTONICS

Plate tectonics is of very great signifi cance as it repre-
sents the fi rst theory that provides a unifi ed explanation 
of the Earth’s major surface features. As such it has 
enabled an unprecedented linking of many different 
aspects of geology, which had previously been consid-
ered independent and unrelated. A deeper understand-
ing of geology has ensued from the interpretation of 
many branches of geology within the basic framework 
provided by plate tectonics. Thus, for example, explana-
tions can be provided for the past distributions of fl ora 
and fauna, the spatial relationships of volcanic rock 
suites at plate margins, the distribution in space and 
time of the conditions of different metamorphic facies, 
the scheme of deformation in mountain belts, or 
orogens, and the association of different types of 
economic deposit.

Recognition of the dynamic nature of the appar-
ently solid Earth has led to the realization that plate 
tectonic processes may have had a major impact on 
other aspects of the Earth system in the past. Changes 
in volcanic activity in general, and at mid-ocean ridges 
in particular, would have changed the chemistry of the 
atmosphere and of seawater. Changes in the net accre-
tion rate at mid-ocean ridges could explain major 

changes in sea level in the past, and the changing con-
fi guration of the continents, and the uplift of mountain 
belts would have affected both oceanic and atmospheric 
circulation. The nature and implications of these 
changes, in particular for the Earth’s climate, are 
explored in Chapter 13.

Clearly some of these implications were docu-
mented by Wegener, notably in relation to the distribu-
tion of fauna and fl ora in the past, and regional 
paleoclimates. Now, however, it is realized that plate 
tectonic processes impact on the physics and chemistry 
of the atmosphere and oceans, and on life on Earth, in 
many more ways, thus linking processes in the atmo-
sphere, oceans, and solid Earth in one dynamic global 
system.

The fact that plate tectonics is so successful in unify-
ing so many aspects of Earth science should not be 
taken to indicate that it is completely understood. 
Indeed, it is the critical testing of the implications of 
plate tectonic theory that has led to modifi cations and 
extrapolations, for example in the consideration of the 
relevance of plate tectonic processes in continental 
areas (Section 2.10.5) and the more distant geologic past 
(Chapter 11). It is to be hoped that plate tectonic theory 
will be employed cautiously and critically.
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2.1 EARTHQUAKE 
SEISMOLOGY

2.1.1 Introduction

Much of our knowledge of the internal constitution of 
the Earth has come from the study of the seismic 
waves generated by earthquakes. These waves follow 
various paths through the interior of the Earth, and by 
measuring their travel times to different locations 
around the globe it is possible to determine its large-
scale layering. It is also possible to make inferences 
about the physical properties of these layers from a 
consideration of the velocities with which they trans-
mit the seismic waves.

2.1.2 Earthquake descriptors

Earthquakes are normally assumed to originate from a 
single point known as the focus or hypocenter (Fig. 2.1), 
which is invariably within about 700 km of the surface. 
In reality, however, most earthquakes are generated by 
movement along a fault plane, so the focal region may 
extend for several kilometers. The point on the Earth’s 
surface vertically above the focus is the epicenter. The 
angle subtended at the center of the Earth by the epi-
center and the point at which the seismic waves are 
detected is known as the epicentral angle Δ. The magni-
tude of an earthquake is a measure of its energy release 
on a logarithmic scale; a change in magnitude of one 

on the Richter scale implies a 30-fold increase in energy 
release (Stein & Wysession, 2003).

2.1.3 Seismic waves

The strain energy released by an earthquake is transmit-
ted through the Earth by several types of seismic wave 
(Fig. 2.2), which propagate by elastic deformation of 
the rock through which they travel. Waves penetrating 
the interior of the Earth are known as body waves, and 
consist of two types corresponding to the two possible 
ways of deforming a solid medium. P waves, also known 
as longitudinal or compressional waves, correspond to 
elastic deformation by compression/dilation. They 
cause the particles of the transmitting rock to oscillate 
in the direction of travel of the wave so that the distur-
bance proceeds as a series of compressions and rarefac-
tions. The velocity of a P wave Vp is given by:

 
Vp =

+k
4
3

μ

ρ

where k is the bulk modulus, μ the shear modulus 
(rigidity), and ρ the density of the transmitting medium. 
S waves, also known as shear or transverse waves, corre-
spond to elastic deformation of the transmitting 
medium by shearing and cause the particles of the rock 

Figure 2.1  Illustration of epicentral angle Δ.

Figure 2.2  Focus and epicenter of an earthquake and 
the seismic waves originating from it (after Davies, 1968, 
with permission from Iliffe Industrial Publications Ltd).
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to oscillate at right angles to the direction of propaga-
tion. The velocity of an S wave Vs is given by:

 Vs = μ
ρ

Because the rigidity of a fl uid is zero, S waves cannot 
be transmitted by such a medium.

A consequence of the velocity equations for P and S 
waves is that the P velocity is about 1.7 times greater 
than the S velocity in the same medium. Consequently, 
for an identical travel path, P waves arrive before S 
waves. This was recognized early in the history of seis-
mology, and is refl ected in the names of the body waves 
(P is derived from primus and S from secundus). The 
passage of body waves through the Earth conforms to 
the laws of geometric optics in that they can be both 
refracted and refl ected at velocity discontinuities.

Seismic waves whose travel paths are restricted to 
the vicinity of a free surface, such as the Earth’s surface, 
are known as surface waves. Rayleigh waves cause the 
particles of the transmitting medium to describe an 
ellipse in a vertical plane containing the direction of 
propagation. They can be transmitted in the surface of 
a uniform half space or a medium in which velocity 
changes with depth. Love waves are transmitted when-
ever the S wave velocity of the surface layer is lower 
than that of the underlying layer. Love waves are essen-
tially horizontally polarized shear waves, and propagate 
by multiple refl ection within this low velocity layer, 
which acts as a wave guide.

Surface waves travel at lower velocities than body 
waves in the same medium. Unlike body waves, surface 
waves are dispersive, that is, their different wavelength 
components travel at different velocities. Dispersion 
arises because of the velocity stratifi cation of the Earth’s 
interior, longer wavelengths penetrating to greater 
depths and hence sampling higher velocities. As a result, 
surface wave dispersion studies provide an important 
method of determining the velocity structure and 
seismic attenuation characteristics of the upper 600 km 
of the Earth.

2.1.4 Earthquake location

Earthquakes are detected by seismographs, instruments 
that respond to very small ground displacements, veloc-

ities, or accelerations associated with the passage of 
seismic waves. Since 1961 there has been an extensive 
and standardized global network of seismograph 
stations to monitor earthquake activity. The original 
World-Wide Standardized Seismograph Network 
(WWSSN), based on analogue instruments, has gradu-
ally been superseded since 1986 by the Global (Digital) 
Seismograph Network (GSN). By 2004 there were 136 
well-distributed GSN stations worldwide, including one 
on the sea fl oor between Hawaii and California. It is 
hoped that this will be the fi rst of several in oceanic 
areas devoid of oceanic islands for land-based stations. 
Digital equipment greatly facilitates processing of the 
data and also has the advantage that it records over a 
much greater dynamic range and frequency bandwidth 
than the earlier paper and optical recording. This is 
achieved by a combination of high frequency, low gain 
and very broadband seismometers (Butler et al., 2004). 
Most countries have at least one GSN station and many 
countries also have national seismometer arrays. 
Together these stations not only provide the raw data 
for all global and regional seismological studies but also 
serve an important function in relation to monitoring 
the nuclear test ban treaty, and volcano and tsunami 
warning systems.

Earthquakes occurring at large, or teleseismic, dis-
tances from a seismograph are located by the identifi ca-
tion of various phases, or seismic arrivals, on the 
seismograph records. Since, for example, the direct P 
and S waves travel at different velocities, the time sepa-
ration between the arrival of the P phase and the S 
phase becomes progressively longer as the length of the 
travel path increases. By making use of a standard 
model for the velocity stratifi cation of the Earth, and 
employing many seismic phases corresponding to dif-
ferent travel paths along which the seismic waves are 
refracted or refl ected at velocity discontinuities, it is 
possible to translate the differences in their travel times 
into the distance of the earthquake from the observa-
tory. Triangulation using distances computed in this 
way from many observatories then allows the location 
of the epicenter to be determined.

The focal depths of teleseismic events are deter-
mined by measuring the arrival time difference between 
the direct phase P and the phase pP (Båth, 1979). The 
pP phase is a short path multiple event which follows a 
similar path to P after fi rst undergoing a refl ection at 
the surface of the Earth above the focus, and so the 
P–pP time difference is a measure of focal depth. This 
method is least accurate for foci at depths of less than 
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100 km as the P–pP time separation becomes very small. 
The focal depths of local earthquakes can be deter-
mined if a network of seismographs exists in the vicin-
ity of the epicenter. In this case the focal depth is 
determined by triangulation in the vertical plane, using 
the P–S time difference to calculate the distance to the 
focus.

2.1.5 Mechanism 
of earthquakes

Most earthquakes are believed to occur according to the 
elastic rebound theory, which was developed after the San 
Francisco earthquake of 1906. In this theory an earth-
quake represents a sudden release of strain energy that 
has built up over a period of time.

In Fig. 2.3a a block of rock traversed by a pre-existing 
fracture (or fault) is being strained in such a way as 
eventually to cause relative motion along the plane of 
the fault. The line AB is a marker indicating the state of 
strain of the system, and the broken line the location 
of the fault. Relatively small amounts of strain can be 

accommodated by the rock (Fig. 2.3b). Eventually, 
however, the strain reaches the level at which it exceeds 
the frictional and cementing forces opposing movement 
along the fault plane (Fig. 2.3c). At this point fault move-
ment occurs instantaneously (Fig. 2.3d). The 1906 San 
Francisco earthquake resulted from a displacement of 
6.8 m along the San Andreas Fault. In this model, fault-
ing reduces the strain in the system virtually to zero, 
but if the shearing forces persist, strain would again 
build up to the point at which fault movement occurs. 
The elastic rebound theory consequently implies that 
earthquake activity represents a stepwise response to 
persistent strain.

2.1.6 Focal mechanism 
solutions of earthquakes

The seismic waves generated by earthquakes, when 
recorded at seismograph stations around the world, can 
be used to determine the nature of the faulting associ-
ated with the earthquake, to infer the orientation of the 
fault plane and to gain information on the state of stress 
of the lithosphere. The result of such an analysis is 
referred to as a focal mechanism solution or fault plane 
solution. The technique represents a very powerful 
method of analyzing movements of the lithosphere, in 
particular those associated with plate tectonics. Infor-
mation is available on a global scale as most earthquakes 
with a magnitude in excess of 5.5 can provide solutions, 
and it is not necessary to have recorders in the immedi-
ate vicinity of the earthquake, so that data are provided 
from regions that may be inaccessible for direct study.

According to the elastic rebound theory, the strain 
energy released by an earthquake is transmitted by the 
seismic waves that radiate from the focus. Consider the 
fault plane shown in Fig. 2.4 and the plane orthogonal 
to it, the auxiliary plane. The fi rst seismic waves to arrive 
at recorders around the earthquake are P waves, which 
cause compression/dilation of the rocks through which 
they travel. The shaded quadrants, defi ned by the fault 
and auxiliary planes, are compressed by movement 
along the fault and so the fi rst motion of the P wave 
arriving in these quadrants corresponds to a compres-
sion. Conversely, the unshaded quadrants are stretched 
or dilated by the fault movement. The fi rst motion of 
the P waves in these quadrants is thus dilational. The 
region around the earthquake is therefore divided into 
four quadrants on the basis of the P wave fi rst motions, 

Figure 2.3  Elastic rebound mechanism of earthquake 
generation.
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defi ned by the fault plane and the auxiliary plane. No P 
waves propagate along these planes as movement of the 
fault imparts only shearing motions in their directions; 
they are consequently known as nodal planes.

Simplistically, then, a focal mechanism solution 
could be obtained by recording an earthquake at a 
number of seismographs distributed around its epicen-
ter, determining the nature of the fi rst motions of the 
P waves, and then selecting the two orthogonal planes 
which best divide compressional from dilational fi rst 
arrivals, that is, the nodal planes. In practice, however, 
the technique is complicated by the spheroidal shape of 
the Earth and the progressive increase of seismic veloc-
ity with depth that causes the seismic waves to follow 
curved travel paths between the focus and recorders. 
Consider Fig. 2.5. The dotted line represents the con-
tinuation of the fault plane, and its intersection with the 
Earth’s surface would represent the line separating 
compressional and dilational fi rst motions if the waves 
generated by the earthquake followed straight-line 
paths. The actual travel paths, however, are curved and 
the surface intersection of the dashed line, correspond-
ing to the path that would have been followed by a wave 
leaving the focus in the direction of the fault plane, 
represents the actual nodal plane.

It is clear then, that simple mapping of compres-
sional and dilational fi rst motions on the Earth’s 
surface cannot readily provide the focal mechanism 
solution. However, the complications can be overcome 

by considering the directions in which the seismic 
waves left the focal region, as it is apparent that com-
pressions and dilations are restricted to certain angular 
ranges.

A focal mechanism solution is obtained fi rstly by 
determining the location of the focus by the method 
outlined in Section 2.1.4. Then, for each station record-
ing the earthquake, a model for the velocity structure 
of the Earth is used to compute the travel path of the 
seismic wave from the focus to the station, and hence 
to calculate the direction in which the wave left the focal 
region. These directions are then plotted, using an 
appropriate symbol for compressional or dilational fi rst 
motion, on an equal area projection of the lower half 
of the focal sphere, that is, an imaginary sphere of small 
but arbitrary radius centered on the focus (Fig. 2.5). An 
equal area net, which facilitates such a plot, is illustrated 
in Fig. 2.6. The scale around the circumference of such 
a net refers to the azimuth, or horizontal component of 
direction, while dips are plotted on the radial scale from 
0° at the perimeter to 90° at the center. Planes through 
the focus are represented on such plots by great circles 
with a curvature appropriate to their dip; hence a diam-
eter represents a vertical plane.

Let us assume that, for a particular earthquake, the 
fault motion is strike-slip along a near vertical fault 
plane. This plane and the auxiliary plane plot as orthog-
onal great circles on the projection of the focal sphere, 
as shown on Fig. 2.7. The lineation defi ned by the inter-
section of these planes is almost vertical, so it is appar-
ent that the direction of movement along the fault is 
orthogonal to this intersection, that is, near horizontal. 
The two shaded and two unshaded regions of the pro-
jection defi ned by the nodal planes now correspond to 
the directions in which compressional and dilational 

Figure 2.4  Quadrantal distribution of compressional 
and dilational P wave fi rst motions about an 
earthquake.

Fault plane

Auxiliary
plane

Compression

Nodal plane

Dilation

Focal sphere

Figure 2.5  Distribution of compressional and dilational 
fi rst arrivals from an earthquake on the surface of a 
spherical Earth in which seismic velocity increases with 
depth.
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fi rst motions, respectively, left the focal region. A focal 
mechanism solution is thus obtained by plotting all the 
observational data on the projection of the focal sphere 
and then fi tting a pair of orthogonal planes which best 
divide the area of the projection into zones of compres-
sional and dilational fi rst motions. The more stations 
recording the earthquake, the more closely defi ned will 
be the nodal planes.

2.1.7 Ambiguity in focal 
mechanism solutions

It is apparent from Fig. 2.7 that the same distribution of 
compressional and dilational quadrants would be 
obtained if either nodal plane represented the actual 
fault plane. Thus, the same pattern of fi rst motions 
would be obtained for sinistral motion along a north–
south plane as for dextral motion along an east–west 
plane.

Figure 2.6  Lambert equal area net.

Figure 2.7  Ambiguity in the focal mechanism solution 
of a strike-slip fault. Regions of compressional fi rst 
motions are shaded.
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In Fig. 2.8a an earthquake has occurred as a result 
of faulting along a westerly dipping thrust plane f1. f1 
and its associated auxiliary plane ap1 divide the region 
around the focus into quadrants which experience 
either compression or dilation as a result of the fault 
movement. The directions in which compressional fi rst 
motions C1 and C2 and dilational fi rst motions D1 and 
D2 leave the focus are shown, and C2 and D2 are plotted 
on the projection of the focal sphere in Fig. 2.8b, on 

which the two nodal planes are also shown. Because 
Fig. 2.8a is a vertical section, the fi rst motions indicated 
plot along an east–west azimuth. Arrivals at stations at 
other azimuths would occupy other locations within 
the projection space. Consider now Fig. 2.8c, in which 
plane ap1 becomes the fault plane f2 and f1 the auxiliary 
plane ap2. By considering the movement along the 
thrust plane it is obvious that the same regions around 
the fault are compressed or dilated, so that an identical 

Figure 2.8  Ambiguity in the focal mechanism solution of a thrust fault. Shaded areas represent regions of 
compressional fi rst motions (C), unshaded areas represent regions of dilational fi rst motions (D), f refers to a fault plane, 
ap to an auxiliary plane. Changing the nature of the nodal planes as in (a) and (c) does not alter the pattern of fi rst 
motions shown in (b), the projection of the lower hemisphere of the focal sphere.
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focal sphere projection is obtained. Similar results are 
obtained when the faulting is normal (Fig. 2.9). In 
theory the fault plane can be distinguished by making 
use of Anderson’s simple theory of faulting (Section 
2.10.2) which predicts that normal faults have dips of 
more than 45° and thrusts less than 45°. Thus, f1 is 
the fault plane in Fig. 2.8 and f2 the fault plane in 
Fig. 2.9.

It is apparent that the different types of faulting can 
be identifi ed in a focal mechanism solution by the dis-
tinctive pattern of compressional and dilational regions 
on the resulting focal sphere. Indeed, it is also possible 
to differentiate earthquakes that have originated by a 
combination of fault types, such as dip-slip accompanied 
by some strike-slip movement. The precision with which 
the directions of the nodal planes can be determined is 

Figure 2.9  Ambiguity in the focal mechanism solution of a normal fault. Legend as for Fig. 2.8.
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dependent upon the number and distribution of stations 
recording arrivals from the event. It is not possible, 
however, to distinguish the fault and auxiliary planes.

At one time it was believed that distinction between 
the nodal planes could be made on the basis of the 
pattern of S wave arrivals. P waves radiate into all four 
quadrants of the source region as shown in Fig. 2.10a. 
However, for this simple model, which is known as a 
type I, or single-couple source, S waves, whose corre-
sponding ground motion is shearing, should be restricted 
to the region of the auxiliary plane (Fig. 2.10b). Record-
ing of the S wave radiation pattern should then make 
it possible to determine the actual fault plane. It was 
found, however, that instead of this simple pattern, 
most earthquakes produce S wave radiation along the 
direction of both nodal planes (Fig. 2.10c). This obser-
vation initially cast into doubt the validity of the elastic 
rebound theory. It is now realized, however, that fault-
ing occurs at an angle, typically rather less than 45% to 
the maximum compressive stress, σ1, and the bisectors 
of the dilational and compressional quadrants, termed 
P and T, respectively, approximate to the directions of 
maximum and minimum principal compressive stress, 

thus giving an indication of the stress fi eld giving rise 
to the earthquake (Fig. 2.10c) (Section 2.10.2).

This type II, or double-couple source mechanism 
gives rise to a four-lobed S wave radiation pattern (Fig. 
2.10c) which cannot be used to resolve the ambiguity 
of a focal mechanism solution. Generally, the only con-
straint on the identity of the fault plane comes from a 
consideration of the local geology in the region of the 
earthquake.

2.1.8 Seismic tomography

Tomography is a technique whereby three-dimensional 
images are derived from the processing of the inte-
grated properties of the medium that rays encounter 
along their paths through it. Tomography is perhaps 
best known in its medical applications, in which images 
of specifi c plane sections of the body are obtained using 
X-rays. Seismic tomography refers to the derivation of 
the three-dimensional velocity structure of the Earth 
from seismic waves. It is considerably more complex 
than medical tomography in that the natural sources of 
seismic waves (earthquakes) are of uncertain location, 
the propagation paths of the waves are unknown, and 
the receivers (seismographs) are of restricted distribu-
tion. These diffi culties can be overcome, however, and 
since the late 1970s seismic tomography has provided 
important new information on Earth structure. The 
method was fi rst described by Aki et al. (1977) and has 
been reviewed by Dziewonski & Anderson (1984), 
Thurber & Aki (1987), and Romanowicz (2003).

Seismic tomography makes use of the accurately 
recorded travel times of seismic waves from geograph-
ically distributed earthquakes at a distributed suite of 
seismograph stations. The many different travel paths 
from earthquakes to receivers cross each other many 
times. If there are any regions of anomalous seismic 
velocity in the space traversed by the rays, the travel 
times of the waves crossing this region are affected. The 
simultaneous interpretation of travel time anomalies 
for the many criss-crossing paths then allows the anom-
alous regions to be delineated, providing a three-
dimensional model of the velocity space.

Both body waves and surface waves (Section 2.1.3) 
can be used in tomography analysis. With body waves, 
the actual travel times of P or S phases are utilized. The 
procedure with surface waves is more complex, 
however, as they are dispersive; that is, their velocity 

Figure 2.10  (a) P wave radiation pattern for a type I 
and type II earthquake source mechanism; (b) S wave 
radiation pattern from a type I source (single couple); 
(c) S wave radiation pattern from a type II source 
(double couple).
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depends upon their wavelength. The depth of penetra-
tion of surface waves is also wavelength-dependent, 
with the longer wavelengths reaching greater depths. 
Since seismic velocity generally increases with depth, 
the longer wavelengths travel more rapidly. Thus, 
when surface waves are utilized, it is necessary to 
measure the phase or group velocities of their different 
component wavelengths. Because of their low fre-
quency, surface waves provide less resolution than 
body waves. However, they sample the Earth in a dif-
ferent fashion and, since either Rayleigh or Love waves 
(Section 2.1.3) may be used, additional constraints on 
shear velocity and its anisotropy are provided.

The normal procedure in seismic tomography is to 
assume an initial “one-dimensional” model of the veloc-
ity space in which the velocity is radially symmetrical. 
The travel time of a body wave from earthquake to 
seismograph is then equal to the sum of the travel times 
through the individual elements of the model. Any 
lateral velocity variations within the model are then 
refl ected in variations in arrival times with respect to 
the mean arrival time of undisturbed events. Similarly, 
the dispersion of surface waves across a heterogeneous 
model differs from the mean dispersion through a radi-
ally symmetrical model. The method makes use of a 
simplifying assumption based on Fermat’s Principle, 
which assumes that the ray paths for a radially sym-
metrical and laterally variable velocity model are identi-
cal if the heterogeneities are small and that the 
differences in travel times are caused solely by hetero-
geneity in the velocity structure of the travel path. This 
obviates the necessity of computing the new travel path 
implied by refractions at the velocity perturbations.

There are two main approaches to seismic tomog-
raphy depending upon how the velocity heterogeneity 
of the model is represented. Local methods make use of 
body waves and subdivide the model space into a series 
of discrete elements so that it has the form of a three-
dimensional ensemble of blocks. A set of linear equa-
tions is then derived which link the anomalies in arrival 
times to velocity variations over the different travel 
paths. A solution of the equations can then be obtained, 
commonly using matrix inversion techniques, to obtain 
the velocity anomaly in each block. Global methods 
express the velocity variations of the model in terms of 
some linear combination of continuous basic functions, 
such as spherical harmonic functions.

Local methods can make use of either teleseismic or 
local events. In the teleseismic method (Fig. 2.11) a 
large set of distant seismic events is recorded at a 

network of seismographs over the volume of interest. 
Because of their long travel path, the incident wave 
fronts can be considered planar. It is assumed that devi-
ations from expected arrival times are caused by veloc-
ity variations beneath the network. In practice, 
deviations from the mean travel times are computed to 
compensate for any extraneous effects experienced by 
the waves outside the volume of interest. Inversion of 
the series of equations of relative travel time through 
the volume then provides the relative velocity perturba-
tions in each block of the model. The method can be 
extended by the use of a worldwide distribution of 
recorded teleseismic events to model the whole mantle. 
In the local method the seismic sources are located 
within the volume of interest (Fig. 2.12). In this case the 
location and time of the earthquakes must be accu-
rately known, and ray-tracing methods used to con-
struct the travel paths of the rays. The inversion 

Figure 2.11  Geometry of the teleseismic inversion 
method. Velocity anomalies within the compartments 
are derived from relative arrival time anomalies of 
teleseismic events (redrawn from Aki et al., 1977, by 
permission of the American Geophysical Union. 
Copyright © 1977 American Geophysical Union).

Figure 2.12  Geometry of the local inversion method.
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procedure is then similar to that for teleseisms. One of 
the uses of the resulting three-dimensional velocity dis-
tributions is to improve focal depth determinations.

Global methods commonly make use of both surface 
and body waves with long travel paths. If the Earth 
were spherically symmetrical, these surface waves 
would follow great circle routes. However, again making 
use of Fermat’s Principle, it is assumed that ray paths 
in a heterogeneous Earth are similarly great circles, 
with anomalous travel times resulting from the hetero-
geneity. In the single-station confi guration, the surface 
wave dispersion is measured for the rays traveling 
directly from earthquake to receiver. Information from 
only moderate-size events can be utilized, but the 
source parameters have to be well known. The great 
circle method uses multiple circuit waves, that is, waves 
that have traveled directly from source to receiver and 
have then circumnavigated the Earth to be recorded 
again (Fig. 2.13). Here the differential dispersion 
between the fi rst and second passes is measured, elimi-
nating any undesirable source effects. This method is 
appropriate to global modeling, but can only use those 
large magnitude events that give observable multiple 
circuits.

2.2 VELOCITY 
STRUCTURE OF 
THE EARTH

Knowledge of the internal layering of the Earth has 
been largely derived using the techniques of earthquake 
seismology. The shallower layers have been studied 

using local arrays of recorders, while the deeper layers 
have been investigated using global networks to detect 
seismic signals that have traversed the interior of the 
Earth.

The continental crust was discovered by Andrija 
Mohorovičić from studies of the seismic waves gener-
ated by the Croatia earthquake of 1909 (Fig. 2.14). 
Within a range of about 200 km from the epicenter, the 
fi rst seismic arrivals were P waves that traveled directly 
from the focus to the recorders with a velocity of 
5.6 km s−1. This seismic phase was termed Pg. At greater 
ranges, however, P waves with the much higher velocity 
of 7.9 km s−1 became the fi rst arrivals, termed the Pn 
phase. These data were interpreted by the standard 
techniques of refraction seismology, with Pn represent-
ing seismic waves that had been critically refracted at a 
velocity discontinuity at a depth of some 54 km. This 
discontinuity was subsequently named the Mohorovičić 
discontinuity, or Moho, and it marks the boundary 
between the crust and mantle. Subsequent work has 
demonstrated that the Moho is universally present 
beneath continents and marks an abrupt increase in 
seismic velocity to about 8 km s−1. Its geometry and 
refl ective character are highly diverse and may include 
one or more sub-horizontal or dipping refl ectors (Cook, 
2002). Continental crust is, on average, some 40 km 
thick, but thins to less than 20 km beneath some tec-
tonically active rifts (e.g. Sections 7.3, 7.8.1) and thick-
ens to up to 80 km beneath young orogenic belts (e.g. 
Sections 10.2.4, 10.4.5) (Christensen & Mooney, 1995; 
Mooney et al., 1998).

A discontinuity within the continental crust was 
discovered by Conrad in 1925, using similar methods. 
As well as the phases Pg and Pn he noted the presence 
of an additional phase P* (Fig. 2.15) which he inter-
preted as the critically refracted arrival from an inter-
face where the velocity increased from about 5.6 to 
6.3 km s−1. This interface was subsequently named the 
Conrad discontinuity. Conrad’s model was readily 
adopted by early petrologists who believed that two 
layers were necessarily present in the continental 
crust. The upper layer, rich in silicon and aluminum, 
was called the SIAL and was believed to be the source 
of granitic magmas, while the lower, silicon- and mag-
nesium-rich layer or SIMA was believed to be the 
source of basaltic magmas. It is now known, however, 
that the upper crust has a composition more mafi c 
than granite (Section 2.4.1), and that the majority of 
basaltic magmas originate in the mantle. Consequently, 
the petrological necessity of a two-layered crust no 

Figure 2.13  Great circle paths from two earthquakes 
(stars) to recording stations (dots) (after Thurber & Aki, 
1987).
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Figure 2.14  Reduced time–distance relationship for direct waves (Pg) and waves critically refracted at the Moho (Pn) 
from an earthquake source.

Figure 2.15  Reduced time–distance relationship for direct waves (Pg), waves critically refracted at the Conrad 
discontinuity (P*) and waves critically refracted at the Moho (Pn) from an earthquake source.
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longer exists and, where applicable, it is preferable to 
use the terms upper and lower crust. Unlike the 
Moho, the Conrad discontinuity is not always present 
within the continental crust, although the seismic 
velocity generally increases with depth.

In some regions the velocity structure of continen-
tal crust suggests a natural division into three layers. 
The velocity range of the middle crustal layer gener-
ally is taken to be 6.4–6.7 km s−1. The typical velocity 
range of the lower crust, where a middle crust is 
present, is 6.8–7.7 km s−1 (Mooney et al., 1998). Exam-
ples of the velocity structure of continental crust in a 
tectonically active rift, a rifted margin, and a young 
orogenic belt are shown in Figs 7.5, 7.32a, and 10.7, 
respectively.

The oceanic crust has principally been studied by 
explosion seismology. The Moho is always present and 
the thickness of much of the oceanic crust is remark-
ably constant at about 7 km irrespective of the depth of 
water above it. The internal layering of oceanic crust 
and its constancy over very wide areas will be discussed 
later (Section 2.4.4).

In studying the deeper layering of the Earth, seismic 
waves with much longer travel paths are employed. The 
velocity structure has been built up by recording the 
travel times of body waves over the full range of pos-
sible epicentral angles. By assuming that the Earth is 
radially symmetrical, it is possible to invert the travel 
time data to provide a model of the velocity structure. 
A modern determination of the velocity–depth curve 
(Kennett et al., 1995) for both P and S waves is shown 
in Fig. 2.16.

Velocities increase abruptly at the Moho in both con-
tinental and oceanic environments. A low velocity zone 
(LVZ) is present between about 100 and 300 km depth, 
although the depth to the upper boundary is very vari-
able (Section 2.12). The LVZ appears to be universally 
present for S waves, but may be absent in certain regions 
for P waves, especially beneath ancient shield areas. 
Between 410 and 660 km velocity increases rapidly in a 
stepwise fashion within the mantle transition zone that 
separates the upper mantle from the lower mantle. 
Each velocity increment probably corresponds to a 
mineral phase change to a denser form at depth (Section 
2.8.5). Both P and S velocities increase progressively in 
the lower mantle.

The Gutenberg discontinuity marks the core–mantle 
boundary at a depth of 2891 km, at which the velocity 
of P waves decreases abruptly. S waves are not transmit-
ted through the outer core, which is consequently 

believed to be in a fl uid state. The geomagnetic fi eld 
(Section 3.6.4) is believed to originate by the circulation 
of a good electrical conductor in this region. At a depth 
of 5150 km the P velocity increases abruptly and S 
waves are once again transmitted. This inner core is 
thus believed to be solid as a result of the enormous 
confi ning pressure. There appears to be no transition 
zone between inner and outer core, as was originally 
believed.

2.3 COMPOSITION 
OF THE EARTH

All bodies in the solar system are believed to have been 
formed by the condensation and accretion of the prim-
itive interstellar material that made up the solar nebula. 
The composition of the Sun is the same as the average 
composition of this material. Gravitational energy was 
released during accretion, and together with the radio-
active decay of short-lived radioactive nuclides eventu-
ally led to heating of the proto-Earth so that it 
differentiated into a radially symmetric body made up 
of a series of shells whose density increased towards its 
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center. The differentiation prevents any estimate being 
made of the overall composition of the Earth by direct 
sampling. However, it is believed that meteorites are 
representatives of material within the solar nebula and 
that estimates of the Earth’s composition can be made 
from them. The presence of metallic and silicate phases 
in meteorites is taken to indicate that the Earth consists 
of an iron/nickel core surrounded by a lower density 
silicate mantle and crust.

Seismic data, combined with knowledge of the mass 
and moment of inertia of the Earth, have revealed that 
the mean atomic weight of the Earth is about 27, with 
a contribution of 22.4 from the mantle and crust and 
47.0 from the core. No single type of meteorite pos-
sesses an atomic weight of 27, the various types of 
chondrite being somewhat lower and iron meteorites 
considerably higher. However, it is possible to mix the 
proportions of different meteorite compositions in such 
a way as to give both the correct atomic weight and 
core/mantle ratio. Three such models are given in 
Table 2.1.

It is apparent that at least 90% of the Earth is made 
up of iron, silicon, magnesium, and oxygen, with the 

bulk of the remainder comprising calcium, aluminum, 
nickel, sodium, and possibly sulfur.

2.4 THE CRUST

2.4.1 The continental crust

Only the uppermost part of the crust is available for 
direct sampling at the surface or from boreholes. At 
greater depths within the crust, virtually all information 
about its composition and structure is indirect. Geologic 
studies of high grade metamorphic rocks that once 
resided at depths of 20–50 km and have been brought to 
the surface by subsequent tectonic activity provide some 
useful information (Miller & Paterson, 2001a; Clarke et 
al., 2005). Foreign rock fragments, or xenoliths, that are 
carried from great depths to the Earth’s surface by fast-
rising magmas (Rudnick, 1992) also provide samples of 
deep crustal material. In addition, much information 
about the crust has been derived from knowledge of the 
variation of seismic velocities with depth and how these 
correspond to experimental determinations of veloci-
ties measured over ranges of temperature and pressure 
consistent with crustal conditions. Pressure increases 
with depth at a rate of about 30 MPa km−1, mainly due 
to the lithostatic confi ning pressure of the overlying 
rocks, but also, in some regions, with a contribution 
from tectonic forces. Temperature increases at an 
average rate of about 25°C km−1, but decreases to about 
half this value at the Moho because of the presence of 
radioactive heat sources within the crust (Section 2.13). 
Collectively, the observations from both geologic and 
geophysical studies show that the continental crust is 
vertically stratifi ed in terms of its chemical composition 
(Rudnick & Gao, 2003).

The variation of seismic velocities with depth 
(Section 2.2) results from a number of factors. The 
increase of pressure with depth causes a rapid increase 
in incompressibility, rigidity, and density over the 
topmost 5 km as pores and fractures are closed. There-
after the increase of these parameters with pressure is 
balanced by the decrease resulting from thermal 
expansion with increasing temperature so that there is 
little further change in velocity with depth. Velocities 
change with chemical composition, and also with 
changes in mineralogy resulting from phase changes. 
Abrupt velocity discontinuities are usually caused by 

Table 2.1  Estimates of the bulk composition of the 
Earth and Moon (in weight percent) (from Condie, 
1982a).

Earth Moon

1 2 3 4

Fe 34.6 29.3 29.9  9.3
O 29.5 30.7 30.9 42.0
Si 15.2 14.7 17.4 19.6
Mg 12.7 15.8 15.9 18.7
Ca  1.1  1.5  1.9  4.3
Al  1.1  1.3  1.4  4.2
Ni  2.4  1.7  1.7  0.6
Na  0.6  0.3  0.9  0.07
S  1.9  4.7 –  0.3

1: 32.4% iron meteorite (with 5.3% FeS) and 67.6% oxide portion 
of bronzite chondrites.
2: 40% type I carbonaceous chondrite, 50% ordinary chondrite, 
and 10% iron meteorite (containing 15% sulfur).
3: Nonvolatile portion of type I carbonaceous chondrites with 
FeO/FeO + MgO of 0.12 and suffi cient SiO2 reduced to Si to yield 
a metal/silicate ratio of 32/68.
4: Based on Ca, Al, Ti = 5 × type I carbonaceous chondrites, FeO 
= 12% to accommodate lunar density, and Si/Mg = chondritic 
ratio.
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changes in chemical composition, while more grada-
tional velocity boundaries are normally associated 
with phase changes that occur over a discrete vertical 
interval.

Models for the bulk chemical composition of the 
continental crust vary widely because of the diffi culty 
of making such estimates. McLennan & Taylor (1996) 
pointed out that the fl ow of heat from the continental 
crust (Section 2.13) provides a constraint on the abun-
dance of the heat producing elements, K, Th, and U, 
within it, and hence on the silica content of the crust. 
On this basis they argue that on average the continental 
crust has an andesitic or granodioritic composition with 
K2O no more than 1.5% by weight. This is less silicic 
than most previous estimates. The abundance of the 
heat producing elements, and other “incompatible” ele-
ments, in the continental crust is of great importance 
because the degree to which they are enriched in the 
crust refl ects the extent to which they are depleted in 
the mantle.

2.4.2 Upper continental crust

Past theories of crustal construction suggested that the 
upper continental crust was made up of rocks of granitic 
composition. That this is not the case is evident from 
the widespread occurrence of large negative gravity 
anomalies over granite plutons. These anomalies 
demonstrate that the density of the plutons (about 
2.67 Mg m−3) is some 0.10–0.15 Mg m−3 lower than the 
average value of the upper crust. The mean composition 
of the upper crust can be estimated, albeit with some 
uncertainty due to biasing, by determining the mean 
composition of a large number of samples collected 
worldwide and from analyses of sedimentary rocks that 
have sampled the crust naturally by the process of 
erosion (Taylor & Scott, 1985; Gao et al., 1998). This 
composition corresponds to a rock type between grano-
diorite and diorite, and is characterized by a relatively 
high concentration of the heat-producing elements.

2.4.3 Middle and lower 
continental crust

For a 40 km thick average global continental crust 
(Christensen & Mooney, 1995; Mooney et al., 1998), the 

middle crust is some 11 km thick and ranges in depth 
from 12 km, at the top, to 23 km at the bottom (Rudnick 
& Fountain, 1995; Gao et al., 1998). The average lower 
crust thus begins at 23 km depth and is 17 km thick. 
However, the depth and thickness of both middle and 
lower crust vary considerably from setting to setting. In 
tectonically active rifts and rifted margins, the middle and 
lower crust generally are thin. The lower crust in these 
settings can range from negligible to more than 10 km 
thick (Figs 7.5, 7.32a). In Mesozoic–Cenozoic orogenic 
belts where the crust is much thicker, the lower crust may 
be up to 25 km thick (Rudnick & Fountain, 1995).

The velocity range of the lower crust (6.8–7.7 km s−1, 
Section 2.2) cannot be explained by a simple increase of 
seismic velocity with depth. Consequently, either the 
chemical composition must be more mafi c, or denser, 
high-pressure phases are present. Information derived 
from geologic studies supports this conclusion, indicat-
ing that continental crust becomes denser and more 
mafi c with depth. In addition, the results from these 
studies show that the concentration of heat-producing 
elements decreases rapidly from the surface down-
wards. This decrease is due, in part, to an increase in 
metamorphic grade but is also due to increasing propor-
tions of mafi c lithologies.

In areas of thin continental crust, such as in rifts and 
at rifted margins, the middle and lower crust may be 
composed of low- and moderate-grade metamorphic 
rocks. In regions of very thick crust, such as orogenic 
belts, the middle and lower crust typically are com-
posed of high-grade metamorphic mineral assem-
blages. The middle crust in general may contain more 
evolved and less mafi c compositions compared to the 
lower crust. Metasedimentary rocks may be present in 
both layers. If the lower crust is dry, its composition 
could correspond to a high-pressure form of granulite 
ranging in composition from granodiorite to diorite 
(Christensen & Fountain, 1975; Smithson & Brown, 
1977), and containing abundant plagioclase and pyrox-
ene minerals. In the overthickened roots of orogens, 
parts of the lower crust may record the transition to 
the eclogite facies, where plagioclase is unstable and 
mafi c rocks transform into very dense, garnet-, pyrox-
ene-bearing assemblages (Section 9.9). If the lower 
crust is wet, basaltic rocks would occur in the form of 
amphibolite. If mixed with more silicic material, this 
would have a seismic velocity in the correct range. 
Studies of exposed sections of ancient lower crust 
suggest that both dry and wet rock types typically are 
present (Oliver, 1982; Baldwin et al., 2003).
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Another indicator of lower crust composition is the 
elastic deformation parameter Poisson’s ratio, which 
can be expressed in terms of the ratio of P and S wave 
velocities for a particular medium. This parameter 
varies systematically with rock composition, from 
approximately 0.20 to 0.35. Lower values are character-
istic of rocks with high silica content, and high values 
with mafi c rocks and relatively low silica content. For 
example, beneath the Main Ethiopian Rift in East Africa 
(Fig. 7.2) Poisson’s ratios vary from 0.27 to 0.35 (Dugda 
et al., 2005). By contrast, crust located outside the rift is 
characterized by varying from 0.23 to 0.28. The higher 
ratios beneath the rift are attributed to the intrusion and 
extensive modifi cation of the lower crust by mafi c 
magma (Fig. 7.5).

Undoubtedly, the lower crust is compositionally 
more complex than suggested by these simple geophys-
ical models. Studies of deep crustal xenoliths and crustal 
contaminated magmas indicate that there are signifi -
cant regional variations in its composition, age, and 
thermal history. Deep seismic refl ection investigations 
(Jackson, H.R., 2002; van der Velden et al., 2004) and 
geologic studies of ancient exposures (Karlstrom & Wil-
liams, 1998; Miller & Paterson, 2001a; Klepeis et al., 
2004) also have shown that this compositional complex-
ity is matched by a very heterogeneous structure. This 
heterogeneity refl ects a wide range of processes that 
create and modify the lower crust. These processes 
include the emplacement and crystallization of magma 
derived from the mantle, the generation and extraction 
of crustal melts, metamorphism, erosion, tectonic 
burial, and many other types of tectonic reworking 
(Sections 9.8, 9.9).

2.4.4 The oceanic crust

The oceanic crust (Francheteau, 1983) is in isostatic 
equilibrium with the continental crust according to the 
Airy mechanism (Section 2.11.2), and is consequently 
much thinner. Seismic refraction studies have con-
fi rmed this and show that oceanic crust is typically 6–
7 km thick beneath an average water depth of 4.5 km. 
Thicker oceanic crust occurs where the magma supply 
rate is anomalously high due to higher than normal 
temperatures in the upper mantle. Conversely, thinner 
than normal crust forms where upper mantle tempera-
tures are anomalously low, typically because of a very 
low rate of formation (Section 6.10).

The earliest refraction surveys produced time–dis-
tance data of relatively low accuracy that, on simple 
inversion using plane-layered models, indicated the 
presence of three principal layers. The velocities and 
thicknesses of these layers are shown in Table 2.2. 
More recent refraction studies, employing much more 
sophisticated equipment and interpretational proce-
dures (Kennett B.L.N., 1977), have shown that further 
subdivision of the main layers is possible (Harrison & 
Bonatti, 1981) and that, rather than a structure in 
which velocities increase downwards in discrete jumps, 
there appears to be a progressive velocity increase with 
depth (Kennett & Orcutt, 1976; Spudich & Orcutt, 
1980). Figure 2.17 compares the velocity structure of 
the oceanic crust as determined by early and more 
recent investigations.

2.4.5 Oceanic layer 1

Layer 1 has been extensively sampled by coring and 
drilling. Seabed surface materials comprise unconsoli-
dated deposits including terrigenous sediments carried 
into the deep oceans by turbidity currents, and pelagic 
deposits such as brown zeolite clays, calcareous and 
silicic oozes, and manganese nodules. These deep-sea 
sediments are frequently redistributed by bottom cur-
rents or contour currents, which are largely controlled 
by thermal and haline anomalies within the oceans. The 
dense, cold saline water produced at the poles sinks and 
underfl ows towards equatorial regions, and is defl ected 
by the Coriolis force. The resulting currents give rise to 
sedimentary deposits that are termed contourites (Stow 
& Lovell, 1979).

Table 2.2  Oceanic crustal structure (after Bott, 1982).

P velocity
(km s−1)

Average thickness
(km)

Water 1.5 4.5
Layer 1 1.6–2.5 0.4
Layer 2 3.4–6.2 1.4
Layer 3 6.4–7.0 5.0

Moho

Upper mantle 7.4–8.6
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Layer 1 is on average 0.4 km thick. It progressively 
thickens away from the ocean ridges, where it is thin or 
absent. There is, however, a systematic difference in the 
sediment thicknesses of the Pacifi c and Atlantic/Indian 
oceans. The former is rimmed by trenches, that trap 
sediments of continental origin, and the latter are not, 
allowing greater terrestrial input. The interface between 
layer 1 and layer 2 is considerably more rugged than the 
seabed, because of the volcanic and faulted nature of 
layer 2. Within layer 1 are a number of horizons that 
show up as prominent refl ectors on seismic refl ection 
records. Edgar (1974) has described the acoustic stratig-
raphy in the North Atlantic, where up to four supra-
basement refl ectors are found (Fig. 2.18). Horizon A 
corresponds to an Eocene chert, although deep sea drill-
ing indicates that it maintains its refl ective character 
even when little or no chert is present. In such locations 
it may correspond to an early Cenozoic hiatus beneath 
the chert. Horizon A* occurs beneath A, and represents 
the interface between Late Cretaceous/Paleogene 
metal-rich clays and underlying euxinic black clays. 
Horizon B represents the base of the black clays, where 
they overlie a Late Jurassic/Lower Cretaceous lime-
stone. Horizon B may represent a sedimentary horizon, 

although it has also been identifi ed as basalt similar to 
that at the top of layer 2.

Refl ectors similar to A and B have been identifi ed in 
the Pacifi c and Caribbean, where they are termed A′, B′ 
and A″, B″, respectively.

2.4.6 Oceanic layer 2

Layer 2 is variable in its thickness, in the range 1.0–
2.5 km. Its seismic velocity is similarly variable in the 
range 3.4–6.2 km s−1. This range is attributable to either 
consolidated sediments or extrusive igneous material. 
Direct sampling and dredging of the sediment-free 
crests of ocean ridges, and the necessity of a highly 
magnetic lithology at this level (Section 4.2), over-
whelmingly prove an igneous origin. The basalts recov-
ered are olivine tholeiites containing calcic plagioclase, 
and are poor in potassium, sodium, and the incompat-
ible elements (Sun et al., 1979). They exhibit very little 
areal variation in major element composition, with 
the exception of locations close to oceanic islands 
(Section 5.4).

Figure 2.17  P and S wave velocity structure of the oceanic crust and its interpretation in terms of layered models 
proposed in 1965 and 1978. Numbers refer to velocities in km s−1. Dashed curve refers to gradational increase in velocity 
with depth deduced from more sophisticated inversion techniques (after Spudich & Orcutt, 1980 and Harrison & 
Bonatti, 1981).
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Three subdivisions of layer 2 have been recog-
nized. Sublayer 2A is only present on ocean ridges 
near eruptive centers in areas affected by hydrother-
mal circulation of sea water, and ranges in thickness 
from zero to 1 km. Its porous, rubbly nature, as 
indicated by a P wave velocity of 3.6 km s−1, permits 
such circulation. The very low velocities (2.1 km s−1) 
of the top of very young layer 2 located on the Mid-
Atlantic Ridge (Purdy, 1987) probably indicate a 
porosity of 30–50%, and the much higher velocities 
of older layer 2 imply that the porosity must be 
reduced quite rapidly after its formation. Sublayer 2B 
forms the normal acoustic basement of layer 1 when 
sublayer 2A is not developed. Its higher velocity of 
4.8–5.5 km s−1 suggests a lower porosity. With time 
layer 2A may be converted to layer 2B by the infi lling 
of pores by secondary minerals such as calcite, quartz, 
and zeolites. Sublayer 2C is about 1 km thick, where 
detected, and its velocity range of 5.8–6.2 km s−1 
may indicate a high proportion of intrusive, 
mafi c rocks. This layer grades downwards into 
layer 3.

The DSDP/ODP drill hole 504B, that drilled through 
the top 1800 m of igneous basement in 6 Ma old crust 
on the Costa Rica Rift, in the eastern central Pacifi c, 
encountered pillow lavas and dikes throughout. It 
revealed that, at least for this location, the layer 2/3 
seismic boundary lies within a dike complex and is 

associated with gradual changes in porosity and altera-
tion (Detrick et al., 1994).

2.4.7 Oceanic layer 3

Layer 3 is the main component of the oceanic crust and 
represents its plutonic foundation (Fox & Stroup, 1981). 
Some workers have subdivided it into sublayer 3A, with 
a velocity range of 6.5–6.8 km s−1, and a higher velocity 
lower sublayer 3B (7.0–7.7 km s−1) (Christensen & Salis-
bury, 1972), although the majority of seismic data can 
be explained in terms of a layer with a slight positive 
velocity gradient (Spudich & Orcutt, 1980).

Hess (1962) suggested that layer 3 was formed from 
upper mantle material whose olivine had reacted with 
water to varying degrees to produce serpentinized peri-
dotite, and, indeed, 20–60% serpentinization can explain 
the observed range of P wave velocities. However for 
oceanic crust of normal thickness (6–7 km) this notion 
can now be discounted, as the value of Poisson’s ratio 
for layer 3A, which can be estimated directly from a 
knowledge of both P and S wave velocities, is much 
lower than would be expected for serpentinized perido-
tite. In fact, Poisson’s ratio for layer 3A is more in accord 
with a gabbroic composition, which also provides 
seismic velocities in the observed range. It is possible, 

Cenozoic hemipelagic mud
Upper Cretaceous
Lower Cenozoic multicoloured clay
Cretaceous black clay
Late Jurassic and Neocomian limestone
Basalt

North America

Continental margin

       Atlantic Ocean

North American basin
Mid - Atlantic ridge

Acoustic basement

Horizon A

Horizon A*
Horizon ß
Basement

Pleistocene sand and clay
Site 105

Figure 2.18  (a) Major seismic refl ectors in the western Atlantic Ocean. (b) Corresponding lithologies determined by 
deep sea drilling (after Edgar, 1974, Fig. 1. Copyright © 1974, with kind permission of Springer Science and Business 
Media).
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however, that all or at least part of layer 3B, where rec-
ognized, consists of serpentinized ultramafi c material.

The concept of a predominantly gabbroic layer 3 is 
in accord with models suggested for the origin of 
oceanic lithosphere (Section 6.10). These propose that 
layer 3 forms by the crystallization of a magma chamber 
or magma chambers, with an upper layer, possibly cor-
responding to sublayer 3A, of isotropic gabbro and a 
lower layer, possibly corresponding to 3B, consisting of 
cumulate gabbro and ultramafi c rocks formed by crystal 
settling. This layering has been confi rmed by direct 
observation and sampling by submersible on the Vema 
Fracture Zone in the North Atlantic (Auzende et al., 
1989).

2.5 OPHIOLITES

The study of oceanic lithosphere has been aided by 
investigations of characteristic rock sequences on land 
known as ophiolites (literally “snake rock”, referring to 
the similarity of the color and texture to snakeskin; see 
Nicolas, 1989, for a full treatment of this topic). Ophio-
lites usually occur in collisional orogens (Section 10.4), 
and their association of deep-sea sediments, basalts, 
gabbros, and ultramafi c rocks suggests that they origi-
nated as oceanic lithosphere and were subsequently 
thrust up into their continental setting by a process 
known as obduction (Dewey, 1976; Ben-Avraham et al., 
1982; Section 10.6.3). The complete ophiolite sequence 
(Gass, 1980) is shown in Table 2.3. The analogy of ophi-
olites with oceanic lithosphere is supported by the gross 
similarity in chemistry (although there is considerable 
difference in detail), metamorphic grades correspond-
ing to temperature gradients existing under spreading 
centers, the presence of similar ore minerals, and the 
observation that the sediments were formed in deep 
water (Moores, 1982). Salisbury & Christensen (1978) 
have compared the velocity structure of the oceanic 
lithosphere with seismic velocities measured in samples 
from the Bay of Islands ophiolite complex in New-
foundland, and concluded that the determined velocity 
stratigraphies are identical. Figure 2.19 shows the cor-
relation between the oceanic lithosphere and three 
well-studied ophiolite bodies.

At one time it seemed that investigations of the 
petrology and structure of the oceanic lithosphere 
could conveniently be accomplished by the study of 

Table 2.3  Correlation of ophiolite stratigraphy with the 
oceanic lithosphere (after Gass, 1980 with permission 
from the Ministry of Agriculture and Natural Resources, 
Cyprus).

Complete ophiolite 
sequence

Oceanic 
correlation

Sediments Layer 1

Mafi c volcanics, commonly 
pillowed, merging into 
Mafi c sheeted dike complex

} Layer 2

High level intrusives 
 Trondhjemites 
 Gabbros

} Layer 3

Layered cumulates 
 Olivine gabbros 
 Pyroxenites
 Peridotites

} — Moho —

Harzburgite, commonly 
serpentinized ± lherzolite, 
dunite, chromitite

Upper mantle

Figure 2.19  Comparison of oceanic crustal structure 
with ophiolite complexes (after Mason, 1985, with 
permission from Blackwell Publishing).



28 CHAPTER 2

ophiolite sequences on land. However, this simple 
analogy has been challenged, and it has been suggested 
that ophiolites do not represent typical oceanic litho-
sphere, and were not emplaced exclusively during 
continental collision (Mason, 1985).

Dating of events indicates that obduction of many 
ophiolites occurred very soon after their creation. Con-
tinental collision, however, normally occurs a long time 
after the formation of a mid-ocean ridge, so that the age 
of the sea fl oor obducted should be considerably greater 
than that of the collisional orogeny. Ophiolites conse-
quently represent lithosphere that was obducted while 
young and hot. Geochemical evidence (Pearce, 1980; 
Elthon, 1991) has suggested that the original sites of 
ophiolites were backarc basins (Section 9.10; Cawood & 
Suhr, 1992), Red Sea-type ocean basins, or the forearc 
region of subduction zones (Flower & Dilek, 2003). The 
latter setting seems at fi rst to be an unlikely one. 
However, the petrology and geochemistry of the 
igneous basement of forearcs, which is very distinctive, 
is very comparable to that of many ophiolites. Forma-
tion in a forearc setting could also explain the short time 
interval between formation and emplacement, and the 
evidence for the “hot” emplacement of many ophiol-
ites. A backarc or forearc origin is also supported by the 
detailed geochemistry of the lavas of most ophiolites, 
which indicates that they are derived from melts that 
formed above subduction zones.

There have been many different mechanisms pro-
posed for ophiolite obduction, none of which can satis-
factorily explain all cases. It must thus be recognized 
that there may be several operative mechanisms and 
that, although certainly formed by some type of accre-
tionary process, ophiolite sequences may differ signifi -
cantly, notably in terms of their detailed geochemistry, 
from lithosphere created at mid-ocean ridge crests in 
the major ocean basins.

Although many ophiolites are highly altered and tec-
tonized, because of the way in which they are uplifted 
and emplaced in the upper crust, there are defi nite indi-
cations that there is more than one type of ophiolite. 
Some have the complete suite of units listed in Table 
2.3 and illustrated in Fig. 2.19, others consist solely of 
deep-sea sediments, pillow lavas, and serpentinized 
peridotite, with or without minor amounts of gabbro. 
If present these gabbros often occur as intrusions within 
the serpentinized peridotite. These latter types are 
remarkably similar to the inferred nature of the thin 
oceanic crust that forms where magma supply rates are 
low. This type of crust is thought to form when the rate 

of formation of the crust is very low (Section 6.10), in 
the vicinity of transform faults at low accretion rates 
(Section 6.7), and in the initial stages of ocean crust 
formation at nonvolcanic passive continental margins 
(Section 7.7.2). It seems probable that Hess (1962), in 
suggesting that layer 3 of the oceanic crust is serpen-
tinized mantle, was in part infl uenced by his experience 
and knowledge of ophiolites of this type in the 
Appalachian and Alpine mountain belts.

2.6 METAMORPHISM 
OF OCEANIC CRUST

Many of the rocks sampled from the ocean basins show 
evidence of metamorphism, including abundant green-
schist facies assemblages and alkali metasomatism: In 
close proximity to such rocks, however, are found com-
pletely unaltered species.

It is probable that this metamorphism is accom-
plished by the hydrothermal circulation of seawater 
within the oceanic crust. There is much evidence for 
the existence of such circulation, such as the presence 
of metalliferous deposits which probably formed by the 
leaching and concentration of minerals by seawater, 
observations of active hydrothermal vents on ocean 
ridges (Section 6.5), and the observed metamorphism 
within ophiolite sequences.

Hydrothermal circulation takes place by convective 
fl ow, probably through the whole of the oceanic crust 
(Fyfe & Lonsdale, 1981), and is of great signifi cance. It 
infl uences models of heat production, as it has been 
estimated that approximately 25% of the heat escaping 
from the Earth’s surface is vented at the mid-ocean 
ridges. The circulation must modify the chemistry of 
the ocean crust, and consequently will affect the chem-
ical relationship of lithosphere and asthenosphere over 
geologic time because of the recycling of lithosphere 
that occurs at subduction zones. It is also responsible 
for the formation of certain economically important ore 
deposits, particularly massive sulfi des.

These hydrothermal processes are most conve-
niently studied in the metamorphic assemblages of 
ophiolite complexes, and the model described below 
has been derived by Elthon (1981).

Hydrothermal metamorphism of pillow lavas and 
other extrusives gives rise to low-temperature (<230°C) 
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and greenschist facies assemblages (Fig. 2.20). The dis-
tribution of alteration is highly irregular, and is con-
trolled by the localized fi ssuring of the extrusive rocks. 
Higher temperature metamorphism is widespread 
within the sheeted dike complex, producing assem-
blages typical of the actinolite facies, although pockets 
of unaltered rock do occur. The highest metamorphic 
temperatures are achieved at the base of the sheeted 
dike complex and the upper part of the gabbroic 
section. Rarely, retrograde rocks of the greenschist 
facies occur at this level. Alteration decreases to only 
about 10% within the top kilometer of the gabbroic 
section and thereafter metamorphism is restricted to 
the locality of fi ssures and dikes, although metamor-
phism does not completely terminate at depth. Accord-
ing to this model, seawater circulation occurs extensively 
in the upper 3 km of the crust, producing the metamor-
phic assemblages and cooling the crust. High-tempera-
ture metamorphism only occurs near the spreading 
center. At depth the circulation becomes diminished as 
secondary minerals are deposited within the fl ow 
channels.

As the ridge spreads continuously, oceanic litho-
sphere is moved laterally from the heat source and 
undergoes retrograde metamorphism. This depends 
upon an adequate water supply, as water distribution is 
the major control of metamorphic grade. The absence 
of suffi cient water allows the preservation of relict high 
temperature assemblages. The heterogeneous nature 

of the distribution of metamorphic facies is conse-
quently explained by a similarly heterogeneous distribu-
tion of circulating fl uids rather than extreme temperature 
variations. As indicated in Sections 2.4.7 and 2.5, parts 
of the oceanic crust consist of serpentinite, that is, 
hydrated ultramafi c rock. The ultramafi c rock may be 
formed by magmatic differentiation within the gabbro 
layer, or derived directly from the mantle.

2.7 DIFFERENCES 
BETWEEN 
CONTINENTAL AND 
OCEANIC CRUST

On the basis of information presented in this and 
following chapters, the major differences between 
continental and oceanic crust can be summarized as 
follows:

1 Layering. The large-scale layering of the 
continental crust is ill defi ned and highly 
variable, refl ecting a complex geologic history. 
In places there is a broad subdivision by the 

Figure 2.20  Schematic model for hydrothermal metamorphism of the oceanic crust at a spreading center (redrawn 
from Elthon, 1981).
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Conrad discontinuity, but this is not globally 
developed. By contrast, the layering of the 
majority of oceanic crust is well defi ned into 
three distinct layers. However, the nature of 
these layers, in particular layers 2 and 3, may 
change quite markedly with depth.

2 Thickness. The thickness of continental crust 
averages 40 km but is quite variable, thinning 
to only a few kilometers beneath rifts and 
thickening to up to 80 km beneath young 
mountain belts. Most oceanic crust has a 
remarkably constant thickness of about 7 km, 
although layer 1, the sedimentary layer, 
increases in thickness towards ocean margins 
that are not characterized by ocean trenches. 
Differences in the thickness and the creep 
strength (Section 2.10.4) of continental crust 
make the lower crust of continental regions 
much more likely to deform pervasively than 
in the lower layers of oceanic crust (Section 
2.10.5).

3 Age. Continental crust is as at least as old as 
4.0 Ga, the age of the oldest rocks yet 
discovered (Section 11.1). On a very broad scale 
the oldest crust consists of Precambrian cratons 
or shield areas that are surrounded by younger 
orogenic belts, both active and inactive. Oceanic 
crust, however, is nowhere older than 180 Ma, 
and progressively increases in age outwards 
from oceanic ridges (Section 4.1). Oceans are 
consequently viewed as essentially transient 
features of the Earth’s surface. About 50% of 
the surface area of the present day ocean fl oor 
has been created during the last 65 Ma, implying 
that 30% of the solid Earth’s surface has been 
created during the most recent 1.5% of 
geologic time.

4 Tectonic activity. Continental crust may be 
extensively folded and faulted and preserves 
evidence of being subjected to multiple tectonic 
events. Oceanic crust, however, appears to be 
much more stable and has suffered relatively 
little deformation except at plate margins.

5 Igneous activity. There are very few active 
volcanoes on the great majority of the 
continental crust. The only major locations 
of activity are mountain belts of Andean type 
(Section 9.8). The activity within the oceans is 
very much greater. Ocean ridges and island arcs 

are the location of the Earth’s most active areas 
of volcanic and plutonic activity. Oceanic 
islands are a third distinct, but less prolifi c 
oceanic setting for igneous activity.

2.8 THE MANTLE

2.8.1 Introduction

The mantle constitutes the largest internal subdivision 
of the Earth by both mass and volume, and extends 
from the Moho, at a mean depth of about 21 km, to the 
core–mantle boundary at a depth of 2891 km. On a 
gross scale it is believed to be chemically homogeneous, 
apart from the abundances of minor and trace elements, 
and formed of silicate minerals. The mineralogy and 
structure of the silicates change with depth and give rise 
to a transition zone between 410 and 660 km depth, 
which separates the upper and lower mantle.

Mantle materials are only rarely brought to the 
surface, in ophiolite complexes (Section 2.5), in kimber-
lite pipes (Section 13.2.2), and as xenoliths in alkali 
basalts. Consequently, most of our information about 
the mantle is indirect and based on the variation of 
seismic velocities with depth combined with studies of 
mineral behavior at high temperatures and pressure, 
and in shock-wave experiments. Geochemical studies of 
meteorites and ultramafi c rocks are also utilized in 
making predictions about the mantle.

2.8.2 Seismic structure 
of the mantle

The uppermost part of the mantle constitutes a high 
velocity lid typically 80–160 km thick in which seismic 
velocities remain constant at a fi gure in excess of 
7.9 km s−1 or increase slightly with depth. This part of 
the mantle makes up the lower portion of the litho-
sphere (Section 2.12). Beneath the lithosphere lies a low 
velocity zone extending to a depth of approximately 
300 km. This appears to be present beneath most regions 
of the Earth with the exception of the mantle beneath 
cratonic areas. From the base of this zone seismic veloc-
ities increase slowly until a major discontinuity is 
reached at a depth of 410 km, marking the upper region 
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of the transition zone. There is a further velocity discon-
tinuity at a depth of 660 km, the base of the transition 
zone.

Within the lower mantle velocities increase slowly 
with depth until the basal 200–300 km where gradients 
decrease and low velocities are present. This lower-
most layer, at the core–mantle boundary, is known as 
Layer D″ (Section 12.8.4) (Knittle & Jeanloz, 1991). 
Seismic studies have detected strong lateral heteroge-
neities and the presence of thin (5–50 km thick) ultra-
low velocity zones at the base of Layer D″ (Garnero 
et al., 1998).

2.8.3 Mantle composition

The fact that much of the oceanic crust is made up of 
material of a basaltic composition derived from the 
upper mantle suggests that the upper mantle is com-
posed of either peridotite or eclogite (Harrison & 
Bonatti, 1981). The main difference between these two 
rock types is that peridotite contains abundant olivine 
and less than 15% garnet, whereas eclogite contains 
little or no olivine and at least 30% garnet. Both possess 
a seismic velocity that corresponds to the observed 
upper mantle value of about 8 km s−1.

Several lines of evidence now suggest very strongly 
that the upper mantle is peridotitic. Beneath the ocean 
basins the Pn velocity is frequently anisotropic, with 
velocities over 15% higher perpendicular to ocean 
ridges. This can be explained by the preferred orienta-
tion of olivine crystals, whose long [100] axes are 
believed to lie in this direction. None of the common 
minerals of eclogite exhibit the necessary crystal elon-
gation. A peridotitic composition is also indicated by 
estimates of Poisson’s ratio from P and S velocities, and 
the presence of peridotites in the basal sections of 
ophiolite sequences and as nodules in alkali basalts. 
The density of eclogites is also too high to explain the 
Moho topography of isostatically compensated crustal 
structures.

The bulk composition of the mantle can be esti-
mated in several ways: by using the compositions of 
various ultramafi c rock types, from geochemical com-
putations, from various meteorite mixtures, and by 
using data from experimental studies. It is necessary to 
distinguish between undepleted mantle and depleted 
mantle which has undergone partial melting so that 
many of the elements which do not easily substitute 
within mantle minerals have been removed and com-

bined into the crust. The latter, so called “incompatible” 
elements, include the heat producing elements K, Th, 
and U. It is clear from the composition of mid-ocean 
ridge basalts (MORB), however, that the mantle from 
which they are derived by partial fusion is relatively 
depleted in these elements. So much so that, if the 
whole mantle had this composition, it would only 
account for a small fraction of the heat fl ow at the 
Earth’s surface emanating from the mantle (Hofmann, 
1997). This, and other lines of geochemical evidence, 
have led geochemists to conclude that all or most of the 
lower mantle must be more enriched in incompatible 
elements than the upper mantle and that it is typically 
not involved in producing melts that reach the surface. 
However, seismological evidence relating to the fate of 
subducted oceanic lithosphere (Sections 9.4, 12.8.2) and 
the lateral heterogeneity of Layer D″ suggests mantle 
wide convection and hence mixing (Section 12.9). 
Helffrich & Wood (2001) consider that the various lines 
of geochemical evidence can be reconciled with whole 
mantle convection if various small- and large-scale het-
erogeneities in the lower mantle revealed by seismo-
logical studies are remnants of subducted oceanic and 
continental crust. They estimate that these remnants 
make up about 16% and 0.3% respectively of the mantle 
volume.

Although estimates of bulk mantle composition vary 
in detail, it is generally agreed that at least 90% of the 
mantle by mass can be represented in terms of the 
oxides FeO, MgO, and SiO2, and a further 5–10% is 
made up of CaO, Al2O3, and Na2O.

2.8.4 The mantle 
low velocity zone

The low velocity zone (Fig. 2.16) is characterized by 
low seismic velocities, high seismic attenuation, and a 
high electrical conductivity. The seismic effects are 
more pronounced for S waves than for P waves. The 
low seismic velocities could arise from a number of 
different mechanisms, including an anomalously high 
temperature, a phase change, a compositional change, 
the presence of open cracks or fi ssures, and partial 
melting. All but the latter appear to be unlikely, and it 
is generally accepted that the lower seismic velocities 
arise because of the presence of molten material. That 
melting is likely to occur in this region is supported 
by the fact that it is at this level that mantle material 
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most closely approaches its melting point (Section 
2.12, Fig. 2.36).

Only a very small amount of melt is required to 
lower the seismic velocity of the mantle to the observed 
values and to provide the observed attenuation proper-
ties. A liquid fraction of less than 1% would, if distrib-
uted along a network of fi ssures at grain boundaries, 
produce these effects (O’Connell & Budiansky, 1977). 
The melt may also be responsible for the high electrical 
conductivity of this zone. For the partial melting to 
occur, it is probable that a small quantity of water is 
required to lower the silicate melting point, and that this 
is supplied from the breakdown of hydrous mantle 
phases. The base of the low velocity zone and even its 
existence may be controlled by the availability of water 
in the upper mantle (Hirth & Kohlstedt, 2003).

The mantle low velocity zone is of major impor-
tance to plate tectonics as it represents a low viscosity 
layer along which relative movements of the lithosphere 
and asthenosphere can be accommodated.

2.8.5 The mantle 
transition zone

There are two major velocity discontinuities in the 
mantle at depths of 410 km and 660 km. The former 
marks the top of the transition zone and the latter its 
base. The discontinuities are rarely sharp and occur 
over a fi nite range in depth, so it is generally believed 
that they represent phase changes rather than changes 
in chemistry. Although these discontinuities could be 
due to changes in the chemical composition of the 
mantle at these depths, pressure induced phase changes 
are considered to be the more likely explanation. High-

pressure studies have shown that olivine, the dominant 
mineral in mantle peridotite, undergoes transforma-
tions to the spinel structure at the pressure/tempera-
ture conditions at 410 km depth and then to perovskite 
plus magnesiowüstite at 660 km (Table 2.4) (Helffrich & 
Wood, 2001). Within subducting lithosphere, where the 
temperature at these depths is colder than in normal 
mantle, the depths at which these discontinuities occur 
are displaced exactly as predicted by thermal modeling 
and high-pressure experiments (Section 9.5). This lends 
excellent support to the hypothesis that the upper and 
lower bounds of the transition zone are defi ned by 
phase transformations. The other components of 
mantle peridotite, pyroxene and garnet, also undergo 
phase changes in this depth range but they are gradual 
and do not produce discontinuities in the variation of 
seismic velocity with depth. Pyroxene transforms into 
the garnet structure at pressures corresponding to 350–
500 km depth; at about 580 km depth Ca-perovskite 
begins to exsolve from the garnet, and at 660–750 km 
the remaining garnet dissolves in the perovskite phase 
derived from the transformation of olivine. Thus the 
lower mantle mostly consists of phases with perovskite 
structure.

2.8.6 The lower mantle

The lower mantle represents approximately 70% of the 
mass of the solid Earth and almost 50% of the mass of 
the entire Earth (Schubert et al., 2001). The generally 
smooth increase in seismic wave velocities with depth 
in most of this layer led to the assumption that it is 
relatively homogeneous in its mineralogy, having mostly 
a perovskite structure. However, more detailed seismo-

Table 2.4  Phase transformations of olivine that are thought to defi ne the upper mantle transition zone (after Helffrich 
& Wood, 2001).

Depth Pressure

410 km 13–14 GPa (Mg,Fe)2SiO4 = (Mg,Fe)2SiO4

 Olivine Wadsleyite (β-spinel structure)
520 km 18 GPa (Mg,Fe)2SiO4 = (Mg,Fe)2SiO4

 Wadsleyite Ringwoodite (γ-spinel structure)
660 km 23 GPa (Mg,Fe)2SiO4 = (Mg,Fe)SiO3 + (Mg,Fe)O

 Ringwoodite Perovskite Magnesiowüstite
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logical studies have revealed that the lower mantle has 
thermal and/or compositional heterogeneity, probably 
as a result of the penetration of subducted oceanic 
lithosphere through the 660 km discontinuity (Section 
2.8.3).

The lowest 200–300 km of the mantle, Layer D″ 
(Section 12.8.4), is often characterized by a decrease in 
seismic velocity, which is probably related to an increased 
temperature gradient above the mantle-core boundary. 
This lower layer shows large lateral changes in seismic 
velocity, indicating it is very heterogeneous. Ultra-low 
velocity zones, which show a 10% or greater reduction 
in both P and S wave velocities relative to the surround-
ing mantle, have been interpreted to refl ect the pres-
ence of partially molten material (Williams & Garnero, 
1996). These zones are laterally very heterogeneous and 
quite thin (5–40 km vertical thickness). Laboratory 
experiments suggest that the liquid iron of the core 
reacts with mantle silicates in Layer D″, with the pro-
duction of metallic alloys and nonmetallic silicates from 
perovskite. Layer D″ thus is important because it 
governs core–mantle interactions and also may be the 
source of deep mantle plumes (Sections 12.8.4, 12.10).

2.9 THE CORE

The core, a spheroid with a mean radius of 3480 km, 
occurs at a depth of 2891 km and occupies the center of 
the Earth. The core–mantle boundary (Gutenberg dis-
continuity) generates strong seismic refl ections and 
thus probably represents a compositional interface.

The outer core, at a depth of 2891–5150 km, does not 
transmit S waves and so must be fl uid. This is confi rmed 
by the generation of the geomagnetic fi eld in this region 
by dynamic processes and by the long period variations 
observed in the geomagnetic fi eld (Section 3.6.4). The 
convective motions responsible for the geomagnetic 
fi eld involve velocities of ∼104 m a−1, fi ve orders of mag-
nitude greater than convection in the mantle. A fl uid 
state is also indicated by the response of the Earth to 
the gravitational attraction of the Sun and Moon.

The boundary between the outer core and inner 
core at 5150 km depth is sharp, and not represented by 
any form of transition zone. The inner core is believed 
to be solid for several reasons. Certain oscillations of the 
Earth, produced by very large earthquakes, can only be 
explained by a solid inner core. A seismic phase has 

been recognized that travels to and from the inner core 
as a P wave, but traverses the inner core as an S wave. 
The amplitude of a phase refl ected off the inner core 
also suggests that it must have a fi nite rigidity and thus 
be a solid.

Shock wave experiments have shown that the major 
constituents of both the inner and outer core must com-
prise elements of an atomic number greater than 23, 
such as iron, nickel, vanadium, or cobalt. Of these ele-
ments, only iron is present in suffi cient abundance in 
the solar system to form the major part of the core. 
Again, by considering solar system abundances, it 
appears that the core should contain about 4% nickel. 
This iron–nickel mixture provides a composition for the 
outer core that is 8–15% too dense and it must therefore 
contain a small quantity of some lighter element or 
elements. The inner core, however, has a seismic veloc-
ity and density consistent with a composition of pure 
iron.

There are several candidates for the light elements 
present in the outer core, which include silicon, sulfur, 
oxygen, and potassium (Brett, 1976). Silicon requires an 
over-complex model for the formation of the Earth and 
sulfur confl icts with the idea that the interior of the 
Earth is highly depleted in volatile elements. Oxygen 
appears to be the most likely light element as FeO is 
probably suffi ciently soluble in iron. The presence of 
potassium is speculative, but is interesting in that it 
would provide a heat source in the core that would be 
active over the whole of the Earth’s history. It would 
also help to explain an apparent potassium defi ciency in 
the Earth compared to meteorites.

2.10 RHEOLOGY 
OF THE CRUST 
AND MANTLE

2.10.1 Introduction

Rheology is the study of deformation and the fl ow of 
materials under the infl uence of an applied stress 
(Ranalli, 1995). Where temperature, pressure, and the 
magnitudes of the applied stresses are relatively 
low, rocks tend to break along discrete surfaces to form 
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fractures and faults. Where these factors are relatively 
high rocks tend to deform by ductile fl ow. Measures of 
strain are used to quantify the deformation.

Stress (σ) is defi ned as the force exerted per unit area 
of a surface, and is measured in Pascals (Pa). Any stress 
acting upon a surface can be expressed in terms of a 
normal stress perpendicular to the surface and two 
components of shear stress in the plane of the surface. 
The state of stress within a medium is conveniently 
specifi ed by the magnitudes and directions of three prin-
cipal stresses that act on three planes in the medium 
along which the shear stress is zero. The principal 
stresses are mutually orthogonal and are termed σ1, σ2, 
and σ3, referring to the maximum, intermediate and 
minimum principal stresses, respectively. In the geosci-
ences, compressive stresses are expressed as positive and 
tensile stresses negative. The magnitude of the differ-
ence between the maximum and minimum principal 
stresses is called the differential stress. Deviatoric stress 
represents the departure of a stress fi eld from symme-
try. The value of the differential stress and the charac-
teristics of deviatoric stress both infl uence the extent 
and type of distortion experienced by a body.

Strain (ε) is defi ned as any change in the size or shape 
of a material. Strains are usually expressed as ratios that 
describe changes in the confi guration of a solid, such as 
the change in the length of a line divided by its original 
length. Elastic materials follow Hooke’s law where 
strain is proportional to stress and the strain is reversible 
until a critical stress, known as the elastic limit, is reached. 
This behavior typically occurs at low stress levels and 
high strain rates. Beyond the elastic limit, which is a 
function of temperature and pressure, rocks deform by 
either brittle fracturing or by ductile fl ow. The yield 
stress (or yield strength) is the value of the differential 
stress above the elastic limit at which deformation 
becomes permanent. Plastic materials display continu-
ous, irreversible deformation without fracturing.

The length of time over which stress is applied also 
is important in the deformation of Earth materials 
(Park, 1983). Rock rheology in the short term (seconds 
or days) is different from that of the same material 
stressed over durations of months or years. This differ-
ence arises because rocks exhibit higher strength at high 
strain rates than at low strain rates. For example, when 
a block of pitch is struck with a hammer, that is, sub-
jected to rapid “instantaneous” strain, it shatters. 
However, when left for a period of months, pitch 
deforms slowly by fl owing. This slow long-term fl ow of 
materials under constant stress is known as creep. On 
time scales of thousands of years, information about 

the strength and rheology of the lithosphere mainly 
comes from observations of isostasy and lithospheric 
fl exure (Section 2.11.4). On time scales of millions of 
years, Earth rheology generally is studied using a con-
tinuum mechanics approach, which describes the mac-
roscopic relationships between stress and strain, and 
their time derivatives. Alternatively, the long-term rhe-
ology of the Earth may be studied using a microphysi-
cal approach, where the results of laboratory experiments 
and observations of microstructures are used to con-
strain the behavior of rocks. Both of these latter 
approaches have generated very useful results (e.g. Sec-
tions 7.6.6, 8.6.2, 10.2.5).

2.10.2 Brittle deformation

Brittle fracture is believed to be caused by progressive 
failure along a network of micro- and meso-scale cracks. 
The cracks weaken rock by producing local high con-
centrations of tensile stress near their tips. The crack 
orientations relative to the applied stress determine the 
location and magnitude of local stress maxima. Fractur-
ing occurs where the local stress maxima exceed the 
strength of the rock.

This theory, known as the Griffi th theory of fracture, 
works well under conditions of applied tensile stress or 
where one of the principal stresses is compressional. 
When the magnitude of the tensile stress exceeds the 
tensile strength of the material, cracks orthogonal to 
this stress fail fi rst and an extension fracture occurs. 
Below a depth of a few hundred meters, where all prin-
cipal stresses are usually compressional, the behavior of 
cracks is more complex. Cracks close under compres-
sion and are probably completely closed at depths of 
>5 km due to increasing overburden pressure. This 
implies that the compressive strength of a material is 
much greater than the tensile strength. For example, the 
compressive strength of granite at atmospheric pressure 
is 140 MPa, and its tensile strength only about 4 MPa.

Where all cracks are closed, fracturing depends 
upon the inherent strength of the material and the mag-
nitude of the differential stress (Section 2.10.1). Experi-
ments show that shear fractures, or faults, preferentially 
form at angles of <45° on either side of the maximum 
principal compressive stress when a critical shear stress 
on the planes is exceeded. This critical shear stress (σs*) 
depends upon the normal stress (σn) on planes of poten-
tial failure and the coeffi cient of internal friction (μ) on 
those planes, which resists relative motion across them. 
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This relationship, called the Mohr–Coulomb fracture 
criterion, is described by the following linear equation:

 |σs*| = c + μσn

The cohesion (c) describes the resistance of the 
material to shear fracture on a plane of zero normal 
stress. Byerlee (1978) showed that many rock types have 
nearly the same coeffi cient of friction, within the range 
0.6–0.8. The form of the equation, which is written 
using the absolute value of the critical shear stress, 
allows a pair of fractures to form that is symmetric 
about the axis of maximum principal compressive 
stress. Pore fl uid pressure enhances fracturing by reduc-
ing the frictional coeffi cient and counteracting the 
normal stresses (σn) across the fault. The effect of pore 
fl uid pressure explains faulting at depth, which would 
otherwise appear to require very high shear stresses 
because of the high normal stresses.

Under this compressional closed crack regime, the 
type of faulting which results, according to the theory 
of Anderson (1951), depends upon which of the princi-
pal stresses is vertical (Fig. 2.21). Normal, strike-slip, and 
thrust faults occur depending on whether σ1, σ2 or σ3 
respectively, is vertical. This theory is conceptually 
useful. However, it does not explain the occurrence of 
some faults, such as low-angle normal faults (Section 
7.3), which display dips of ≤30°, fl at thrust faults, or 
faults that develop in previously fractured, anisotropic 
rock.

The strength of rock increases with the pressure of the 
surrounding rock, termed the confi ning pressure, but 
decreases with temperature. In the uppermost 10–15 km 
of the crust the former effect is dominant and rock 
strength tends to increase with depth. Confi ning pressure 
increases with depth at a rate of about 33 MPa km−1

 depending on the density of the overlying rocks. Below 
10–15 km the effect of temperature takes over, and rocks 
may progressively weaken downwards. However, this 
simple relationship can be complicated by local variations 
in temperature, fl uid content, rock composition, and pre-
existing weaknesses.

The deformation of brittle solids can take the form 
of cataclasis (Fig. 2.22) (Ashby & Verrall, 1977). This 
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Figure 2.21  Three classes of fault determined by the orientation of the principal stresses: (a) normal fault; (b) thrust 
fault; (c) strike-slip fault (after Angelier, 1994, with permission from Pergamon Press. Copyright Elsevier 1994).

Figure 2.22  Deformation of a brittle solid by 
cataclastic fl ow (redrawn from Ashby & Verrall, 1977, 
with permission from the Royal Society of London).
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results from repeated shear fracturing, which acts to 
reduce the grain size of the rock, and by the sliding or 
rolling of grains over each other.

2.10.3 Ductile deformation

The mechanisms of ductile fl ow in crystalline solids 
have been deduced from studies of metals, which have 
the advantage that they fl ow easily at low temperatures 
and pressures. In general, where the temperature of a 
material is less than about half its melting temperature 
(Tm in Kelvin), materials react to low stresses by fl owing 
slowly, or creeping, in the solid state. At high tempera-
tures and pressures, the strength and fl ow of silicate 
minerals that characterize the crust (Tullis, 2002) and 
mantle (Li et al., 2004) have been studied using experi-
mental apparatus.

There are several types of ductile fl ow that may 
occur in the crust and mantle (Ashby & Verrall, 1977). 
All are dependent upon the ambient temperature and, 
less markedly, pressure. Increased temperature acts to 
lower the apparent viscosity and increase the strain rate, 
while increased pressure produces a more sluggish fl ow. 
In general, for ductile fl ow, the differential stress (Δσ) 
and the strain rate (δε/δτ) are related through a fl ow 
law of the form:

 Δσ = [(δε/δτ)/A]1/n exp[E/nRT],

where E is the activation energy of the assumed creep 
process, T is temperature, R is the universal gas con-
stant, n is an integer, and A is an experimentally deter-
mined constant.

Plastic fl ow occurs when the yield strength of the 
material is exceeded. Movement takes place by the 
gliding motions of large numbers of defects in the 
crystal lattices of minerals. Slip within a crystal lattice 
occurs as the individual bonds of neighboring atoms 
break and reform across glide planes (Fig. 2.23). This 
process results in linear defects, called dislocations, that 
separate slipped from unslipped parts of the crystal. 
The yield strength of materials deforming in this way 
is controlled by the magnitude of the stresses required 
to overcome the resistance of the crystal framework 
to the movement of the dislocations. The strain pro-
duced tends to be limited by the density of disloca-
tions. The higher the density, the more diffi cult it is 
for dislocations to move in a process known as strain- 
or work-hardening.

Power-law creep (also known as dislocation creep) 
takes place at temperatures in excess of 0.55 Tm. In this 
form of creep the strain rate is proportional to the nth 
power of the stress, where n ≥ 3. Power-law creep is 
similar to plastic fl ow, where deformation takes place 
by dislocation glide. However, in addition, the diffusion 
of atoms and of sites unoccupied by atoms called 
vacancies is permitted by the higher temperatures (Fig. 
2.24). This diffusive process, termed dislocation climb, 
allows barriers to dislocation movement to be removed 
as they form. As a result work-hardening does not 
occur and steady state creep is facilitated. This balance 
results in dynamic recrystallization whereby new crystal 
grains form from old grains. Because of the higher 
temperature the yield strength is lower than for plastic 
fl ow, and strain results from lower stresses. Power-law 
creep is believed to be an important form of deforma-
tion in the upper mantle where it governs convective 
fl ow (Weertman, 1978). Newman & White (1997) 
suggest that the rheology of continental lithosphere is 
controlled by power-law creep with a stress exponent 
of three.

Diffusion creep dominates as temperatures exceed 
0.85 Tm, and results from the migration of individual 
atoms and vacancies in a stress gradient (Fig. 2.25). 
Where the migration occurs through a crystal lattice it 
is known as Nabarro–Herring creep. Where it occurs 
along crystal boundaries it is known as Coble creep. In 
both forms of creep the strain rate (δε/δτ) is propor-
tional to the differential stress (Δσ) with the constant of 
proportionality being the dynamic viscosity (η). This 
relationship is given by:

 Δσ = 2η(δε/δτ)

The viscosity increases as the square of the grain radius 
so that a reduction in grain size is expected to result in 
rheological weakening. Diffusion creep is believed to 
occur in the asthenosphere (Section 2.12) and in the 
lower mantle (Section 2.10.6).

Superplastic creep has been observed in metals and 
may also occur in some rocks. This type of creep results 
from the coherent sliding of crystals along grain bound-
aries where the movement occurs without opening up 
gaps between grains. The sliding may be accommo-
dated by both diffusion and dislocation mechanisms. 
Superplastic creep is characterized by a power-law rhe-
ology with a stress exponent of one or two and is asso-
ciated with high strain rates. Some studies (e.g. Karato, 
1998) have inferred that superplastic creep contributes 
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to deformation in the lower mantle, although this 
interpretation is controversial.

2.10.4 Lithospheric 
strength profi les

In most quantitative treatments of deformation at 
large scales, the lithosphere is assumed to consist of 
multiple layers characterized by different rheologies 
(e.g. Section 7.6.6). The rheologic behavior of each 
layer depends on the level of the differential stress (Δσ) 
and the lesser of the calculated brittle and ductile yield 
stresses (Section 2.10.1). The overall strength of the 

lithosphere and its constituent layers can be estimated 
by integrating yield stress with respect to depth. This 
integrated strength is highly sensitive to the geother-
mal gradient as well as to the composition and thick-
ness of each layer, and to the presence or absence of 
fl uids.

The results of deformation experiments and evi-
dence of compositional variations with depth (Section 
2.4) have led investigators to propose that the litho-
sphere is characterized by a “jelly sandwich” type rheo-
logical layering (Ranalli & Murphy, 1987), where strong 
layers separate one or more weak layers. For example, 
Brace & Kohlstedt (1980) investigated the limits of 
lithospheric strength based on measurements on quartz 
and olivine, which are primary constituents of the 
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Figure 2.23  Plastic fl ow by the migration of a linear edge dislocation through a crystal (from Structural Geology by 
Robert J. Twiss and Eldridge M. Moores. © 1992 by W.H. Freeman and Company. Used with permission).
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Figure 2.24  (a) The diffusion of a vacancy (v) through a crystal; (b) the downward climb of an edge dislocation as 
adjacent atoms (crossed) exchange bonds leaving behind a vacancy that moves by diffusion (from Structural Geology 
by Robert J. Twiss and Eldridge M. Moores. © 1992  by W.H. Freeman and Company. Used with permission).
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Figure 2.25  Nabarro–Herring creep: (a) vacancies diffuse toward surfaces of high normal stress; (b) creation of a 
vacancy (v) at a surface of minimum compressive stress; (c) destruction of a vacancy at a surface of maximum 
compressive stress (from Structural Geology by Robert J. Twiss and Eldridge M. Moores. © 1992  by W.H. Freeman and 
Company. Used with permission). Solid lines in b and c mark crystal surface, solid circle marks the ion whose position 
changes during the creation of a vacancy.
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continental crust and upper mantle, respectively. The 
results of these and other measurements (e.g. Ranalli & 
Murphy, 1987; Mackwell et al., 1998) suggest that within 
the oceanic lithosphere the upper brittle crust gives way 
to a region of high strength at a depth of 20–60 km, 
depending on the temperature gradient (Fig. 2.26a). 
Below this depth the strength gradually decreases and 
grades into that of the asthenosphere. Continental 
crust, however, is much thicker than oceanic crust, and 
at the temperatures of 400–700°C experienced in its 
lower layers the minerals are much weaker than the 
olivine found at these depths in the oceanic lithosphere. 
Whereas the oceanic lithosphere behaves as a single 
rigid plate because of its high strength, the continental 
lithosphere does not (Sections 2.10.5, 8.5) and typically 
is characterized by one or more layers of weakness at 
deep levels (Fig. 2.26b,c).

Figure 2.26c,d shows two other experimentally 
determined strength curves for continental lithosphere 
that illustrate the potential effects of water on the 
strength of various layers. These curves were calculated 
using rheologies for diabase and other crustal and 
mantle rocks, a strain rate of (δε/δτ) = 10−15 s−1, a typical 
thermal gradient for continental crust with a surface 
heat fl ow of 60 mW m−2, and a crustal thickness of 
40 km (Mackwell et al., 1998). The upper crust (0–15 km 
depth) is represented by wet quartz and Byerlee’s (1978) 
frictional strength law (Section 2.10.2), and the middle 
crust (15–30 km depth) by wet quartz and power-law 
creep (Section 2.10.3). These and other postulated 
strength profi les commonly are used in thermomechan-
ical models of continental deformation (Sections 7.6.6, 
8.6.2, 10.2.5). However, it is important to keep in mind 
that the use of any one profi le in a particular setting 
involves considerable uncertainty and is the subject of 
much debate (Jackson, J., 2002; Afonso & Ranalli, 2004; 
Handy & Brun, 2004). In settings where ambient condi-
tions appear to change frequently, such as within 
orogens and magmatic arcs, several curves may be 
necessary to describe variations in rock strength with 
depth for different time periods.

2.10.5 Measuring 
continental deformation

Zones of continental deformation commonly are wider 
and more diffuse than zones of deformation affecting 
oceanic lithosphere. This characteristic results from 

the thickness, composition, and pressure–temperature 
profi le of continental crust, which makes ductile fl ow 
in its lower parts more likely than it is in oceanic regions. 
The width and diffusivity of these zones make some of 
the concepts of plate tectonics, such as the rigid motion 
of plates along narrow boundaries, diffi cult to apply to 
the continents. Consequently, the analysis of continen-
tal deformation commonly requires a framework that 
is different to that used to study deformation in oceanic 
lithosphere (e.g. Section 8.5).

At the scale of large tectonic features such as wide 
intracontinental rifts (Section 7.3), continental trans-
forms (Section 8.5), and orogenic belts (Section 10.4.3), 
deformation may be described by a regional horizontal 
velocity fi eld rather than by the relative motion of rigid 
blocks (e.g. Fig. 8.18b). Methods of estimating the 
regional velocity fi eld of deforming regions usually 
involves combining information from Global Position-
ing System (GPS) satellite measurements (Clarke et al., 
1998), fault slip rates (England & Molnar, 1997), and 
seismicity (Jackson et al., 1992). One of the challenges 
of this approach is the short, decade-scale time intervals 
over which GPS data are collected. These short inter-
vals typically include relatively few major earthquakes. 
Consequently, the measured surface motions mostly 
refl ect nonpermanent, elastic strains that accumulate 
between major seismic events (i.e. interseismic) rather 
than the permanent strains that occur during ruptures 
(Bos & Spakman, 2005; Meade & Hager, 2005). This 
characteristic results in a regional velocity fi eld that 
rarely shows the discontinuities associated with slip on 
major faults. Instead the displacements on faults are 
described as continuous functions and the velocity fi eld 
is taken to represent the average deformation over a 
given region (Jackson, 2004). Nevertheless, regional 
velocity fi elds have proven to be a remarkably useful 
way of describing continental deformation. The 
methods commonly used to process and interpret them 
are discussed further in Sections 5.3 and 8.5.

Synthetic Aperture Radar (SAR) also is used to 
measure ground displacements, including those associ-
ated with volcanic and earthquake activity (Massonnet 
& Feigl, 1998). The technique involves using SAR data 
to measure small changes in surface elevations from 
satellites that fl y over the same area at least twice, called 
repeat-pass Interferometric SAR, or InSAR. GPS data 
and strain meters provide more accurate and frequent 
observations of deformation in specifi c areas, but InSAR 
is especially good at revealing the spatial complexity of 
displacements that occur in tectonically active areas. In 
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THE INTERIOR OF THE EARTH 41

the central Andes and Kamchatka InSAR measurements 
have been used to evaluate volcanic hazards and the 
movement of magma in volcanic arcs (Pritchard & 
Simons, 2004). In southeast Iran, InSAR data have been 
used to determine the deformation fi eld and source 
parameters of a magnitude Mw = 6.5 earthquake that 
affected the city of Bam in 2003 (Wang et al., 2004). The 
combined use of GPS and InSAR data have revealed the 
vertical displacements associated with a part of the San 
Andreas Fault system near San Francisco (Fig. 8.7b).

2.10.6 Deformation 
in the mantle

Measurements of seismic anisotropy (Section 2.1.8) and 
the results of mineral physics experiments have been 
used to infer creep mechanisms and fl ow patterns in the 
mantle (Karato, 1998; Park & Levin, 2002; Bystricky, 
2003). The deformation of mantle minerals, including 
olivine, by dislocation creep results in either a preferred 
orientation of crystal lattices or a preferred orientation 
of mineral shapes. This alignment affects how fast 
seismic waves propagate in different directions. Mea-
surements of this directionality and other properties 
potentially allow investigators to image areas of the 
mantle that are deforming by dislocation creep (Section 
2.10.3) and to determine whether the fl ow is mostly 
vertical or mostly horizontal. However, these interpre-
tations are complicated by factors such as temperature, 
grain size, the presence of water and partial melt, and 
the amount of strain (Hirth & Kohlstedt, 2003; Faul 
et al., 2004).

Most authors view power-law (or dislocation) 
creep as the dominant deformation mechanism in the 
upper mantle. Experiments on olivine, structural evi-
dence in mantle-derived nodules, and the presence of 
seismic anisotropy suggest that power-law creep 
occurs to a depth of at least 200 km. These results 
contrast with many studies of post-glacial isostatic 
rebound (Section 2.11.5), which tend to favor a diffu-
sion creep mechanism for fl ow in the upper mantle. 
Karato & Wu (1993) resolved this apparent discrep-
ancy by suggesting that a transition from power-law 
creep to diffusion creep occurs with depth in the 
upper mantle. Diffusion creep may become increas-
ingly prominent with depth as pressure and tempera-
ture increase and stress differences decrease. A source 
of potential uncertainty in studies of mantle rheology 

using glacial rebound is the role of transient creep, 
where the strain rate varies with time under constant 
stress. Because the total strains associated with 
rebound are quite small (≤10−3) compared to the large 
strains associated with mantle convection, transient 
creep may be important during post-glacial isostatic 
rebound (Ranalli, 2001).

In contrast to the upper mantle, much of the 
lower mantle is seismically isotropic, suggesting that 
diffusion creep is the dominant mechanism associated 
with mantle fl ow at great depths (Karato et al., 1995). 
Unlike dislocation creep, diffusion creep (and also 
superplastic creep) result in an isotropic crystal struc-
ture in lower mantle minerals, such as perovskite and 
magnesiowüstite. Large uncertainties about lower 
mantle rheology exist because lower mantle materials 
are diffi cult to reproduce in the laboratory. Neverthe-
less, advances in high-pressure experimentation have 
allowed investigators to measure some of the physi-
cal properties of lower mantle minerals. Some 
measurements suggest that lower mantle rheology 
strongly depends on the occurrence and geometry of 
minor, very weak phases, such as magnesium oxide 
(Yamazaki & Karato, 2001). Murakami et al. (2004) 
demonstrated that at pressure and temperature con-
ditions corresponding to those near the core–mantle 
boundary, MgSiO3 perovskite transforms to a high-
pressure form that may infl uence the seismic charac-
teristics of the mantle below the D″ discontinuity 
(Section 12.8.4).

Unlike most of the lower mantle, observations at the 
base of the mesosphere, in the D″ layer (Section 2.8.5), 
indicate the presence of seismic anisotropy (Panning & 
Romanowicz, 2004). The dominance of VSH polariza-
tion over VSV in shear waves implies large-scale horizon-
tal fl ow, possibly analogous to that found in the upper 
200 km of the mantle. The origin of the anisotropy, 
whether it is due to the alignment of crystal lattices or 
to the preferred orientation of mineral shapes, is uncer-
tain. However, these observations suggest that D″ is a 
mechanical boundary layer for mantle convection. 
Exceptions to the pattern of horizontal fl ow at the base 
of the lower mantle are equally interesting. Two excep-
tions occur at the bottom of extensive low velocity 
regions in the lower mantle beneath the central Pacifi c 
and southern Africa (Section 12.8.2) where anisotropy 
measurements indicate the onset of vertical upwelling 
(Panning & Romanowicz, 2004).

Another zone of seismic anisotropy and horizontal 
fl ow similar to that in the D″ layer also may occur at 
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the top of the lower mantle or mesosphere (Karato, 
1998). However, this latter interpretation is highly 
controversial and awaits testing by continued investi-
gation. If such a zone of horizontal fl ow does exist 
then convection in the mantle probably occurs in 
layers and does not involve the whole mantle (Section 
12.5.3).

2.11 ISOSTASY

2.11.1 Introduction

The phenomenon of isostasy concerns the response 
of the outer shell of the Earth to the imposition and 
removal of large loads. This layer, although relatively 
strong, is unable to support the large stresses gener-
ated by, for example, the positive weight of a moun-
tain range or the relative lack of weight of an ocean 
basin. For such features to exist on the Earth’s surface, 
some form of compensating mechanism is required 
to avoid the large stresses that would otherwise be 
generated.

Isostasy was fi rst recognized in the 18th century 
when a party of French geodesists were measuring the 
length of a degree of latitude in Ecuador in an attempt 
to determine if the shape of the Earth corresponds to 
an oblate or a prolate ellipsoid. Plumb lines were used 
as a vertical reference in the surveying and it was rec-
ognized that a correction would have to be applied for 
the horizontal defl ection caused by the gravitational 
attraction of the Andes. When this correction, based on 
the mass of the Andes above sea level, was applied, 
however, it was found that the actual vertical defl ection 
was less than predicted (Fig. 2.27). This phenomenon 
was attributed to the existence of a negative mass 
anomaly beneath the Andes that compensates, that is 
to say, supports, the positive mass of the mountains. In 
the 19th century similar observations were made in the 
vicinity of the Himalaya and it was recognized that the 
compensation of surface loading at depth is a wide-
spread phenomenon.

The presence of subsurface compensation is con-
fi rmed by the variation in the Earth’s gravitational fi eld 
over broad regions. Bouguer anomalies (Kearey et al., 
2002) are generally negative over elevated continental 
areas and positive over ocean basins (Fig. 2.28). These 
observations confi rm that the positive topography of 

continents and negative topography of oceans is com-
pensated by regions at depth with density contrasts 
which are, respectively, negative and positive and whose 
mass anomaly approximates that of the surface 
features.

The principle of isostasy is that beneath a certain 
depth, known as the depth of compensation, the pres-
sures generated by all overlying materials are every-

 Figure 2.27  Horizontal gravitational attraction of 
the mass of the Andes above sea level would cause the 
defl ection (c) of a plumb bob from the vertical (a). 
The observed defl ection (b) is smaller, indicating the 
presence of a compensating mass defi ciency beneath 
the Andes (angles of defl ection and mass distribution 
are schematic only).

Figure 2.28  Inverse correlation of Bouguer anomalies 
with topography indicating its isostatic compensation.
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where equal; that is, the weights of vertical columns of 
unit cross-section, although internally variable, are 
identical at the depth of compensation if the region is 
in isostatic equilibrium.

Two hypotheses regarding the geometric form of 
local isostatic compensation were proposed in 1855 by 
Airy and Pratt.

2.11.2 Airy’s hypothesis

Airy’s hypothesis assumes that the outermost shell of 
the Earth is of a constant density and overlies a 
higher density layer. Surface topography is compen-
sated by varying the thickness of the outer shell in 
such a way that its buoyancy balances the surface 
load. A simple analogy would be blocks of ice of 
varying thickness fl oating in water, with the thickest 
showing the greatest elevation above the surface. 
Thus mountain ranges would be underlain by a thick 
root, and ocean basins by a thinned outer layer or 
antiroot (Fig. 2.29a). The base of the outer shell is 
consequently an exaggerated mirror image of the 
surface topography. Consider the columns of unit 
cross-section beneath a mountain range and a region 
of zero elevation shown in Fig. 2.29a. Equating their 
weights gives:

 g[hρc + TAρc + rρc + DAρm] = g[TAρc + rρm + DAρm]

where g is the acceleration due to gravity.
Rearranging this equation gives the condition for 

isostatic equilibrium:
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A similar computation provides the condition for com-
pensation of an ocean basin:
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If one substitutes appropriate densities for the crust, 
mantle, and sea water in these equations they predict 
that the relief on the Moho should be approximately 
seven times the relief at the Earth’s surface.

2.11.3 Pratt’s hypothesis

Pratt’s hypothesis assumes a constant depth to the base 
of the outermost shell of the Earth, whose density 
varies according to the surface topography. Thus, 
mountain ranges would be underlain by relatively low 
density material and ocean basins by relatively high 
density material (Fig. 2.29b). Equating the weights of 
columns of unit cross-section beneath a mountain 
range and a region of zero elevation gives:

 g(Tp + h)ρh = gTpρc

which on rearrangement provides the condition for 
isostatic equilibrium of the mountain range:

r

a

Figure 2.29  (a) Airy mechanism of isostatic 
compensation. h, height of mountain above sea level; z, 
depth of water of density rw ; TA , normal thickness of 
crust of density rc ; r, thickness of root; a, thickness of 
antiroot; DA , depth of compensation below root; rm , 
density of mantle. (b) The Pratt mechanism of isostatic 
compensation. Legend as for (a) except Tp , normal 
thickness of crust; rh , density of crust beneath mountain; 
rz , density of crust beneath ocean; Dp , depth of 
compensation below Tp .
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A similar computation for an ocean basin gives:
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In these early models of isostasy it was assumed that 
the outer shell of the Earth, whose topography is com-
pensated, corresponded to the crust. Certainly the 
large density contrast existing across the Moho plays a 
major part in the compensation. It is now believed, 
however, that the compensated layer is rather thicker 
and includes part of the upper mantle. This strong 
outer layer of the Earth is known as the lithosphere 
(Section 2.12). The lithosphere is underlain by a much 
weaker layer known as the asthenosphere which 
deforms by fl ow, and which can thus be displaced by 
vertical movements of the lithosphere. The density 
contrast across the lithosphere-asthenosphere bound-
ary is, however, very small.

Both the Airy and Pratt hypotheses are essentially 
applications of Archimedes’ Principle whereby adja-
cent blocks attain isostatic equilibrium through their 
buoyancy in the fl uid substratum. They assume that 
adjacent blocks are decoupled by fault planes and 
achieve equilibrium by rising or subsiding indepen-
dently. However, these models of local compensation 
imply unreasonable mechanical properties for the crust 
and upper mantle (Banks et al., 1977), because they 
predict that independent movement would take place 
even for very small loads. The lithosphere is demon-
strably not as weak as this implies, as large gravity 
anomalies exist over igneous intrusions with ages in 
excess of 100 Ma. The lithosphere must therefore be 
able to support stress differences of up to 20–30 MPa 
for considerable periods of time without the necessity 
of local compensation.

2.11.4 Flexure of 
the lithosphere

More realistic models of isostasy involve regional com-
pensation. A common approach is to make the analogy 

between the lithosphere and the behavior of an elastic 
sheet under load. Figure 2.30 illustrates the elastic 
response to loading; the region beneath the load 
subsides over a relatively wide area by displacing 
asthenospheric material, and is complemented by the 
development of peripheral bulges. Over long periods of 
time, however, the lithosphere may act in a viscoelastic 
manner and undergo some permanent deformation by 
creep (Section 2.10.3).

For example, the vertical displacement z of the 
oceanic lithosphere under loading can be calculated by 
modeling it as an elastic sheet by solving the fourth 
order differential equation:

 D
z

x
zg P x

d

d

4

4 + − =( ) ( )ρ ρm w

where P(x) is the load as a function of horizontal dis-
tance x, g the acceleration due to gravity, and ρm, ρw the 
densities of asthenosphere and sea water, respectively. 
D is a parameter termed the fl exural rigidity, which is 
defi ned by:

 D = ET3
e/12(1 − σ2)

where E is Young’s modulus, σ Poisson’s ratio, and Te 
the thickness of the elastic layer of the lithosphere.

The specifi c relationship between the displacement 
z and load for the two-dimensional load of half-width 
a, height h, and density ρs shown in Fig. 2.30 is:

 zmax = h(ρs − ρw)(1 − e−λa cos λa)/(ρm − ρs)

where

 λ ρ ρ= −( ) /m w g D44

Lithosphere

a

h �sz

Figure 2.30  Flexural downbending of the lithosphere 
as a result of a two-dimensional load of half-width a, 
height h, and density rs.
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and ρw, ρm the densities of water and the mantle, 
respectively.

Note that as the elastic layer becomes more rigid, D 
approaches infi nity, λ approaches zero, and the depres-
sion due to loading becomes small. Conversely, as the 
layer becomes weaker, D approaches zero, λ approaches 
infi nity, and the depression approaches h(ρs − ρw)/
(ρm − ρs) (Watts & Ryan, 1976). This is equivalent to 
Airy-type isostatic equilibrium and indicates that for 
this mechanism to operate the elastic layer and fl uid 
substrate must both be very weak.

It can be shown that, for oceanic lithosphere away 
from mid-ocean ridges, loads with a half-width of less 
than about 50 km are supported by the fi nite strength 
of the lithosphere. Loads with half-widths in excess 
of about 500 km are in approximate isostatic equilib-
rium. Figure 2.31 illustrates the equilibrium attained 
by the oceanic lithosphere when loaded by a sea-
mount (Watts et al., 1975). Thus, as a result of its 
fl exural rigidity, the lithosphere has suffi cient internal 
strength to support relatively small loads without sub-

surface compensation. Such loads include small topo-
graphic features and variations in crustal density due, 
for example, to small granitic or mafi c bodies within 
the crust. This more realistic model of isostatic com-
pensation, that takes into account the fl exural rigidity 
of the lithosphere, is referred to as fl exural isostasy 
(Watts, 2001).

2.11.5 Isostatic rebound

The equilibrium fl exural response of the lithosphere to 
loading is independent of the precise mechanical prop-
erties of the underlying asthenosphere as long as it 
facilitates fl ow. However, the reattainment of equilib-
rium after removal of the load, a phenomenon known 
as isostatic rebound, is controlled by the viscosity of the 
asthenosphere. Measurement of the rates of isostatic 
rebound provides a means of estimating the viscosity 
of the upper mantle. Fennoscandia represents an 
example of this type of study as precise leveling surveys 
undertaken since the late 19th century have shown that 
this region is undergoing uplift following the melting of 
the Pleistocene ice sheet (Fig. 2.32). The maximum 
uplift rates occur around the Gulf of Bothnia, where 
the land is rising at a rate of over 10 mm a−1. Twenty 
thousand years ago the land surface was covered by an 
ice sheet about 2.5 km thick (Fig. 2.32a). The lithosphere 
accommodated this load by fl exing (Fig. 2.32b), result-
ing in a subsidence of 600–700 m and a lateral displace-
ment of asthenospheric material. This stage currently 
pertains in Greenland and Antarctica where, in Green-
land, the land surface is depressed by as much as 250 m 
below sea level by the weight of ice. Melting of the ice 
was complete about 10,000 years ago (Fig. 2.32c), and 
since this time the lithosphere has been returning to its 
original position and the land rising in order to regain 
isostatic equilibrium. A similar situation pertains in 
northern Canada where the land surface around Hudson 
Bay is rising subsequent to the removal of an icecap. 
The rate of isostatic rebound provides an estimate for 
the viscosity of the upper mantle of 1021 Pa s (Pascal 
seconds), and measurements based on world-wide 
modeling of post-glacial recovery and its associated 
oceanic loading suggest that this fi gure generally applies 
throughout the upper mantle as a whole (Peltier & 
Andrews, 1976). Compared to the viscosity of water 
(10−3 Pa s) or a lava fl ow (4 × 103 Pa s), the viscosity of 
the sub-lithospheric mantle is extremely high and its 
fl uid behavior is only apparent in processes with a large 

D
D
D

Figure 2.31  Interpretation of the free air anomaly of 
the Great Meteor Seamount, northeast Atlantic Ocean, 
in terms of fl exural downbending of the crust. A model 
with the fl exural rigidity (D) of 6 × 1022 N m appears best 
to simulate the observed anomaly. Densities in Mg m−3. 
Arrow marks the position 30°N, 28°W (redrawn from 
Watts et al., 1975, by permission of the American 
Geophysical Union. Copyright © 1975 American 
Geophysical Union).
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time constant. Knowledge of the viscosity of the 
mantle, however, provides an important control on the 
nature of mantle convection, as will be discussed in 
Section 12.5.2.

2.11.6 Tests of isostasy

The state of isostatic compensation of a region can be 
assessed by making use of gravity anomalies. The iso-
static anomaly, IA, is defi ned as the Bouguer anomaly 
minus the gravity anomaly of the subsurface compensa-
tion. Consider a broad, fl at plateau of elevation h com-
pensated by a root of thickness r. The terrain correction 

of such a feature is small in the central part of the 
plateau so that here the Bouguer anomaly, BA, is related 
to the free-air anomaly, FAA by the relationship:

 BA = FAA − BC

where BC is the Bouguer correction, equal to 2πGρch, 
where ρc is the density of the compensated layer. For 
such an Airy compensation:

 IA = BA − Aroot

where Aroot is the gravity anomaly of the compensating 
root. Since the root is broad compared to its thickness, 
its anomaly may be approximated by that of an infi nite 
slab, that is 2πG(ρc − ρm)r, where ρm is the density of 
the substrate. Combining the above two equations:

 IA = FAA − 2πGρch − 2πG(ρc − ρm)r

From the Airy criterion for isostatic equilibrium:

 r = hρc/(ρm − ρc)

Substitution of this condition into the equation reveals 
that the isostatic anomaly is equal to the free-air anomaly 
over a broad fl at feature, and this represents a simple 
method for assessing the state of isostatic equilibrium. 
Figure 2.33 shows free-air, Bouguer and isostatic anom-
alies over a broad fl at feature with varying degrees of 
compensation. Although instructive in illustrating the 
similarity of free-air and isostatic anomalies, and the 
very different nature of the Bouguer anomaly, this 
simple Airy isostatic anomaly calculation is clearly 
unsatisfactory in not taking into account topography 
and regional compensation due to fl exure of the 
lithosphere.

To test isostasy over topographic features of irregu-
lar form more accurate computation of isostatic anom-
alies is required. This procedure involves calculating the 
shape of the compensation required by a given hypoth-
esis of isostasy, computing its gravity anomaly, and then 
subtracting this from the observed Bouguer anomaly to 
provide the isostatic anomaly. The technique of com-
puting the gravity anomaly from a hypothetical model 
is known as forward modeling.

Gravity anomalies can thus be used to determine if 
a surface feature is isostatically compensated at depth. 
They cannot, however, reveal the form of compensa-

Figure 2.32  Theory of isostatic rebound. (a) The load 
of an icecap on the lithosphere causes downbending 
accompanied by the elevation of the peripheral 
lithosphere and lateral fl ow in the asthenosphere (b). 
When the icecap melts (c), isostatic equilibrium is 
regained by reversed fl ow in the asthenosphere, sinking 
of the peripheral bulges and elevation of the central 
region (d).
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tion and indicate which type of mechanism is in opera-
tion. This is because the compensation occurs at a 
relatively deep level and the differences in the anomalies 
produced by a root/antiroot (according to the Airy 
hypothesis) or by different density units (according to 
the Pratt hypothesis) would be very small. Moreover, 
the gravity anomalies over most regions contain short 
wavelength components resulting from localized, 
uncompensated geologic structures that obscure 
the differences in the regional fi eld arising from the 
different forms of compensation.

A more sophisticated test of isostasy involves the 
spectral analysis of the topography and gravity anoma-
lies of the region being studied (Watts, 2001). The rela-
tionship between gravity and topography changes with 
wavelength. Moreover, the way in which it changes 
varies for different isostatic models. Thus by determin-
ing the frequency content of the gravity and topo-
graphic data it is possible to determine the type of 
compensation pertaining in the area. The technique 
also yields an estimate of Te, the elastic thickness of the 
lithosphere (Sections 2.11.4, 2.12).

Figure 2.33  Free air, Bouguer and Airy isostatic anomalies over an idealized mountain range (a) in perfect isostatic 
equilibrium, (b) with 70% isostatic compensation, (c) with 30% isostatic compensation, (d) uncompensated. Densities in 
Mg m−3.
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Information on the geometric form of isostatic com-
pensation can also be gained by a combined analysis of 
gravity and seismic refraction data, as the latter tech-
nique can provide a reasonably detailed picture of the 
sub-surface structure of the region under consideration. 
Such studies have demonstrated that the broad isostatic 
equilibrium of continents and oceans is mainly accom-
plished by variations in crustal thickness according to 
the Airy hypothesis. Figure 2.34 shows seismic velocity 
sections from the western USA in which surface topog-
raphy is largely compensated by Moho topography, 
although in several locations density variations in the 
upper mantle must be invoked to explain the isostatic 
compensation. A cross-section of the western USA (Fig. 
2.35) reveals, however, that crustal thickness is not nec-
essarily related to topographic elevation as the Great 
Plains, which reach a mean height of 1 km, are underlain 
by crust 45–50 km thick and the Basin and Range Prov-
ince, at an average of 1.2 km above mean sea level, is 
underlain by a crustal thickness averaging 25–30 km 
(Section 7.3). Clearly, the Basin and Range Province 
must be partially compensated by a Pratt-type mecha-
nism resulting from the presence of low density mate-
rial in the upper mantle. Similarly, ocean ridges (Section 

6.2) owe their elevation to a region of low density mate-
rial in the upper mantle rather than to a thickened 
crust.

There are regions of the Earth’s surface that do 
not conform to the concepts of isostasy discussed 
here. The hypotheses discussed above all assume that 
the support of surface features is achieved by their 
attaining hydrostatic equilibrium with the substrate. 
In certain areas, however, in particular convergent 
plate margins, surface features are supported dynami-
cally by horizontal stresses. Such features provide the 
largest isostatic anomalies observed on the Earth’s 
surface.

2.12 LITHOSPHERE 
AND ASTHENOSPHERE

It has long been recognized that for large-scale struc-
tures to attain isostatic equilibrium, the outermost 
shell of the Earth must be underlain by a weak layer 

Figure 2.34  Bouguer and isostatic gravity anomalies and their relation to seismic velocity sections from the western 
USA. Velocities in km s−1 (redrawn from Garland, 1979).
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that deforms by fl ow. This concept has assumed fun-
damental importance since it was realized that the sub-
divisions of the Earth controlling plate tectonic 
movements must be based on rheology, rather than 
composition.

The lithosphere is defi ned as the strong, outermost 
layer of the Earth that deforms in an essentially elastic 
manner. It is made up of the crust and uppermost 
mantle. The lithosphere is underlain by the astheno-
sphere, which is a much weaker layer and reacts to stress 
in a fl uid manner. The lithosphere is divided into plates, 
of which the crustal component can be oceanic and/or 
continental, and the relative movements of plates take 
place upon the asthenosphere.

However, having made these relatively simple defi ni-
tions, examination of the several properties that might 
be expected to characterize these layers reveals that they 
lead to different ideas of their thickness. The properties 
considered are thermal, seismic, elastic, seismogenic, 
and temporal.

Temperature is believed to be the main phenome-
non that controls the strength of subsurface material. 
Hydrostatic pressure increases with depth in an almost 
linear manner, and so the melting point of rocks also 
increases with depth. Melting will occur when the tem-
perature curve intersects the melting curve (solidus) for 
the material present at depth (Fig. 2.36). The astheno-
sphere is believed to represent the location in the mantle 
where the melting point is most closely approached. 
This layer is certainly not completely molten, as it trans-
mits S waves, but it is possible that a small amount of 
melt is present. The depth at which the asthenosphere 
occurs depends upon the geothermal gradient and the 
melting temperature of the mantle materials (Le Pichon 

et al., 1973). Beneath ocean ridges, where temperature 
gradients are high, the asthenosphere must occur at 
shallow depth. Indeed, since it is actually created in the 
crestal region (Section 6.10), the lithosphere there is 
particularly thin. The gradient decreases towards the 
deep ocean basins, and the lithosphere thickens in this 
direction, the increase correlating with the depth of 
water as the lithosphere subsides as a result of contrac-
tion on cooling (Section 6.4). The mean lithosphere 
thickness on this basis beneath oceans is probably 60–
70 km. Beneath continents a substantial portion of the 
observed heat fl ow is produced within the crust (Section 

Figure 2.35  Section from San Francisco, California to Lamar, Colorado based on seismic refraction data (redrawn 
from Pakiser, 1963, by permission of the American Geophysical Union. Copyright © 1963 American Geophysical Union).
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2.13), so the temperature gradient in the sub-crustal 
lithosphere must be considerably lower than in oceanic 
areas. It is probable that the mantle solidus is not 
approached until a signifi cantly greater depth, so that 
the continental lithosphere has a thickness of 100–
250 km, being at a maximum beneath cratonic areas 
(Section 11.3.1).

The depth of the Low Velocity Zone (LVZ) for 
seismic waves (Section 2.2) agrees quite well with the 
temperature model of lithosphere and asthenosphere. 
Beneath oceanic lithosphere, for example, it progres-
sively increases away from the crests of mid-ocean 
ridges, reaching a depth of approximately 80 km beneath 
crust 80 Ma in age (Forsyth, 1975) (Fig.2.37). Beneath 
continents it occurs at greater depths consistent with 
the lower geothermal gradients (Fig. 2.36). Within the 
LVZ attenuation of seismic energy, particularly shear 
wave energy, is very high. Both the low seismic veloci-
ties and high attenuation are consistent with the pres-
ence of a relatively weak layer at this level. As would be 
expected for a temperature-controlled boundary, the 
lithosphere–asthenosphere interface is not sharply 
defi ned, and occupies a zone several kilometers thick.

When the Earth’s surface is loaded, the lithosphere 
reacts by downward fl exure (Section 2.11.4). Examples 
include the loading of continental areas by ice sheets or 
large glacial lakes, the loading of oceanic lithosphere by 
seamounts, and the loading of the margins of both, at 
the ocean–continent transition, by large river deltas. 
The amount of fl exure depends on the magnitude of 

the load and the fl exural rigidity of the lithosphere. The 
latter, in turn, is dependent on the effective elastic thick-
ness of the lithosphere, Te (Section 2.11.4). Thus, if the 
magnitude of the load can be calculated and the amount 
of fl exure determined, Te may be deduced. However as 
indicated above (Section 2.11.6), Te may be determined 
more generally from the spectral analysis of gravity and 
topographic data. Results obtained by applying this 
technique to oceanic areas are very consistent. They 
reveal that the elastic thickness of oceanic lithosphere 
is invariably less than 40 km and decreases systemati-
cally towards oceanic ridges (Watts, 2001) (Fig. 2.38). By 
contrast, the results obtained for continental areas vary 
from 5 to 110 km, the highest values being obtained for 
the oldest areas – the Precambrian cratons. However, 
McKenzie (2003) maintains that if there are sub-surface 
density contrasts that have no topographic expression, 
so-called buried or hidden loads, the technique yields an 
overestimate of the elastic thickness. Such loads are 
thought to be more common in continental areas, par-
ticularly in the cratons, because of their thick and rigid 
lithosphere. In oceanic areas loads are typically super-

Figure 2.37  Shear wave model of the thickening of 
oceanic lithosphere with age. Velocities in km s−1 
(redrawn from Forsyth, 1975, with permission from 
Blackwell Publishing). The 150 km transition may be 
somewhat deeper.

Figure 2.38  Comparison of short-term “seismic” 
thickness and long-term “elastic” thickness for oceanic 
lithosphere of different ages (redrawn from Watts et al., 
1980, by permission of the American Geophysical Union. 
Copyright © 1980 American Geophysical Union).
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imposed on the crust and expressed in the topography. 
McKenzie (2003) goes so far as to suggest that, if one 
makes allowance for buried loads, the elastic thickness 
of the lithosphere is probably less than 25 km in both 
oceanic and continental areas. By contrast, Perez-
Gussinge & Watts (2005) maintain that Te is greater than 
60 km for continental lithosphere greater than 1.5 Ga in 
age and less than 30 km for continental areas less than 
1.5 Ga in age. They suggest that this is a result of the 
change in thickness, geothermal gradient, and composi-
tion of continental lithosphere with time due to a 
decrease in mantle temperatures and volatile content 
(Section 11.3.3). Under tectonically active areas, such as 
the Basin and Range Province, the elastic thickness may 
be as small as 4 km (Bechtel et al., 1990). Such very thin 
elastic thicknesses are undoubtedly due to very high 
geothermal gradients.

Yet another aspect of the lithosphere is the maximum 
depth to which the foci of earthquakes occur within it. 
This so-called seismogenic thickness is typically less than 
25 km, that is, similar to or somewhat less than the 
elastic thickness in most areas (Watts & Burov, 2003). 
On the face of it this appears to lend support to the 
conclusion of McKenzie (2003) that the spectral analysis 
of topography and gravity anomalies systematically 
overestimates Te, particularly in Precambrian shield 
areas because of the subdued topography and the pres-
ence of buried loads. However, there are alternative 
explanations that invoke the role of the ductile layer in 
the lower continental crust in decoupling the elastic 
upper layer from the lower lithosphere, the role of 
increased overburden pressure in inhibiting frictional 
sliding, and the fact that there is some evidence for 
earthquakes and faulting in the lower crust and upper 
mantle. It is thought that the latter may occur in the 
relatively rare instances where the lower crust and/or 
upper mantle are hydrated (Watts & Burov, 2003).

Thus, the concept of the lithosphere as a layer of 
uniformly high strength is seen to be over-simplistic 
when the rheological layering is considered. The upper 
20–40 km of the lithosphere are brittle and respond to 
stress below the yield point by elastic deformation 
accompanied by transient creep. Beneath the brittle 
zone is a layer that deforms by plastic fl ow above a yield 
point of about 100 MPa. The lowest part, which is con-
tinuous with the asthenosphere, deforms by power-law 
creep and is defi ned as the region where the tempera-
ture increases with depth from 0.55 Tm to 0.85 Tm. The 
lithosphere is best thought of as a viscoelastic rather 
than an elastic layer (Walcott, 1970) for, as Walcott 

demonstrated, the type of deformation experienced 
depends upon the duration of the applied loads. Over 
periods of a few thousand years, most of the region 
exhibiting power-law creep does not deform signifi -
cantly and consequently is included within the elastic 
lithosphere. Long term loading, however, occurring 
over periods of a few million years, permits power-law 
deformation to occur so that this region then belongs 
to the asthenosphere.

The lithosphere can, therefore, be defi ned in a 
number of different ways that provide different esti-
mates of its thickness. This must be borne in mind 
throughout any consideration of plate tectonic 
processes.

The asthenosphere is believed to extend to a depth 
of about 700 km. The properties of the underlying 
region are only poorly known. Seismic waves that cross 
this region do not suffer great attenuation (Section 9.4), 
and so it is generally accepted that this is a layer of 
higher strength, termed the mesosphere. The composi-
tional and rheological layering of the Earth are com-
pared in Fig. 2.39.

2.13 TERRESTRIAL 
HEAT FLOW

The study of thermal processes within the Earth is 
somewhat speculative because the interpretation of the 
distribution of heat sources and the mechanisms of heat 
transfer are based on measurements made at or near 
the surface. Such a study is important, however, as the 
process of heat escape from the Earth’s interior is the 
direct or indirect cause of most tectonic and igneous 
activity.

The vast majority of the heat affecting the Earth’s 
surface comes from the Sun, which accounts for some 
99.98% of the Earth’s surface energy budget. Most of 
this thermal energy, however, is reradiated into space, 
while the rest penetrates only a few hundred meters 
below the surface. Solar energy consequently has a neg-
ligible effect on thermal processes occurring in the inte-
rior of the Earth. The geothermal energy loss from heat 
sources within the Earth constitutes about 0.022% of its 
surface energy budget. Other sources of energy include 
the energy generated by the gradual deceleration of the 
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Figure 2.39  Comparison of the compositional and rheological layering of the Earth.

Earth’s rotation and the energy released by earthquakes, 
but these make up only about 0.002% of the energy 
budget. It is thus apparent that geothermal energy is the 
major source of the energy which drives the Earth’s 
internal processes.

It is believed that the geothermal energy is derived 
in part from the energy given off during the radioactive 
decay of long-lived isotopes, in particular K40, U235, U238, 
and Th232, and also from the heat released during the 
early stages of the formation of the Earth. These iso-
topes would account for the present geothermal loss if 
present in proportions similar to those of chondritic 
meteorites. Radioactive decay is exponential, so that 
during the early history of the Earth the concentration 
of radioactive isotopes would have been signifi cantly 
higher than at present and the thermal energy available 
to power its internal processes would have been much 
greater (Section 12.2). Currently accepted models for 
the formation of the Earth require an early phase of 
melting and differentiation of its originally homoge-
neous structure. This melting is believed to have been 
powered in part by thermal energy provided by the 
decay of short-lived radioactive isotopes such as Al26, 

Fe60, and Cl36. The differentiation of the Earth would 
also have contributed energy to the Earth arising from 
the loss in gravitational potential energy as the dense 
iron-nickel core segregated to a lower energy state at 
the center of the Earth.

The heat fl ow through a unit area of the Earth’s 
surface, H, is given by:

 H K
T

z
= δ

δ

where δT/δz is the thermal gradient perpendicular to 
the surface and K the thermal conductivity of the 
medium through which the heat is fl owing. The units 
of H are mW m−2.

On land, heat fl ow measurements are normally 
made in boreholes. Mercury maximum thermometers 
or thermistor probes are used to determine the vertical 
temperature gradient. Thermal conductivity is mea-
sured on samples of the core using a technique similar 
to the Lee’s disc method. Although appearing relatively 
simple, accurate heat fl ow measurements on land are 
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diffi cult to accomplish. The drilling of a borehole neces-
sitates the use of fl uid lubricants that disturb the thermal 
regime of the borehole so that it has to be left for 
several months to allow the disturbance to dissipate. 
Porous strata have to be avoided as pore water acts as a 
heat sink and distorts the normal thermal gradients. 
Consequently, it is rarely possible to utilize boreholes 
sunk for the purposes of hydrocarbon or hydrogeologic 
exploration. In many areas readings may only be under-
taken at depths below about 200 m so as to avoid the 
transient thermal effects of glaciations.

Heat fl ow measurements are considerably easier to 
accomplish at sea. The bottom temperatures in the 
oceans remain essentially constant and so no complica-
tions arise because of transient thermal perturbations. 
A temperature probe is dropped into the upper soft 
sediment layer of the seabed and, after a few minutes’ 
stabilization, the temperature gradient is measured by 
a series of thermistor probes. A corer associated with 
the probe collects a sediment sample for thermal con-
ductivity measurements; alternatively, the role of one 
of the thermistors can be changed to provide a source 
of heat. The change in the temperature of this probe 
with time depends on the rate at which heat is con-
ducted away from it, and this enables a direct, in situ 
measurement of the thermal conductivity of the sedi-
ment to be made.

A large proportion of geothermal energy escapes 
from the surface by conduction through the solid Earth. 
In the region of the oceanic ridge system, however, the 
circulation of seawater plays a major role in transport-
ing heat to the surface and about 25% of the geother-
mal energy fl ux at the Earth’s surface is lost in this 
way.

The pattern of heat fl ow provinces on the Earth’s 
surface broadly correlates with major physiographic 
and geologic subdivisions. On continents the magni-
tude of heat fl ow generally decreases from the time of 
the last major tectonic event (Sclater et al., 1980). Heat 

fl ow values are thus low over the Precambrian shields 
and much higher over regions affected by Cenozoic 
orogenesis. Within the oceans the heat fl ow decreases 
with the age of the lithosphere (Section 6.5), with high 
values over the oceanic ridge system and active mar-
ginal seas and low values over the deep ocean basins 
and inactive marginal seas.

The average heat fl ux in continental areas is 
65 mW m−2, and in oceanic areas 101 mW m−2, of which 
about 30% is contributed by hydrothermal activity at 
the mid-oceanic ridge system (Pollack et al., 1993). As 
60% of the Earth’s surface is underlain by oceanic 
crust, about 70% of the geothermal energy is lost 
through oceanic crust, and 30% through continental 
crust.
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3.1 INTRODUCTION

As early as the 16th century it had been noted that the 
western and eastern coastlines of the Atlantic Ocean 
appeared to fi t together like the pieces of a jigsaw puzzle 
(Section 1.1). The signifi cance of this observation was 
not fully realized, however, until the 19th century, when 
the geometric fi t of continental outlines was invoked as 
a major item of evidence in constructing the hypothesis 
of continental drift. The case for the hypothesis was 
further strengthened by the correspondence of geologic 
features across the juxtaposed coastlines. Application of 
the technique of paleomagnetism in the 1950s and 1960s 
provided the fi rst quantitative evidence that continents 
had moved at least in a north–south direction during 
geologic time. Moreover, it was demonstrated that the 
continents had undergone relative motions, and this 
confi rmed that continental drift had actually occurred.

3.2 CONTINENTAL 
RECONSTRUCTIONS

3.2.1 Euler’s theorem

In order to perform accurate continental reconstructions 
across closed oceans it is necessary to be able to describe 
mathematically the operation involved in making 
the geometric fi t. This is accomplished according to a 
theorem of Euler, which states that the movement of a 
portion of a sphere across its surface is uniquely defi ned 
by a single angular rotation about a pole of rotation (Fig. 
3.1). The pole of rotation, and its antipodal point on the 
opposite diameter of the sphere, are the only two points 
which remain in a fi xed position relative to the moving 
portion. Consequently, the movement of a continent 
across the surface of the Earth to its pre-drift position 
can be described by its pole and angle of rotation.

3.2.2 Geometric 
reconstructions of continents

Although approximate reconstructions can be per-
formed manually by moving models of continents 

across an accurately constructed globe (Carey, 1958), 
the most rigorous reconstructions are performed mathe-
matically by computer, as in this way it is possible to 
minimize the degree of misfi t between the juxtaposed 
continental margins.

The technique generally adopted in computer-
based continental fi tting is to assume a series of poles 
of rotation for each pair of continents arranged in a 
grid of latitude and longitude positions. For each pole 
position the angle of rotation is determined that 
brings the continental margins together with the 
smallest proportion of gaps and overlaps. The fi t is 
not made on the coastlines, as continental crust 
extends beneath the surrounding shelf seas out to the 
continental slope. Consequently, the true junction 
between continental and oceanic lithosphere is taken 
to be at some isobath marking the midpoint of the 
continental slope, for example the 1000 m contour. 
Having determined the angle of rotation, the good-
ness of fi t is quantifi ed by some criterion based on the 
degree of mismatch. This goodness of fi t is generally 
known as the objective function. Values of the objec-
tive function are entered on the grid of pole positions 
and contoured. The location of the minimum objec-
tive function revealed by this procedure then provides 
the pole of rotation for which the continental edges 
fi t most exactly.

Geographical pole

Axis of rotation
Pole of rotation
Angle of rotation

Great circle or
Equator of rotation

Small circles or
latitudes of rotation

Figure 3.1  Euler’s theorem. Diagram illustrating how 
the motion of a continent on the Earth can be described 
by an angle of rotation about a pole of rotation.
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3.2.3 The reconstruction of 
continents around the Atlantic

The fi rst mathematical reassembly of continents based 
solely on geometric criteria was performed by Bullard 
et al. (1965), who fi tted together the continents on either 

side of the Atlantic (Fig. 3.2). This was accomplished by 
sequentially fi tting pairs of continents after determining 
their best fi tting poles of rotation by the procedure 
described in Section 3.2.2. The only rotation involving 
parts of the same landmass is that of the Iberian penin-
sular with respect to the rest of Europe. This is justifi ed 
because of the known presence of oceanic lithosphere 

Figure 3.2  Fit of the continents around the Atlantic Ocean, obtained by matching the 500 fathom (920 m) isobath 
(redrawn from Bullard et al., 1965, with permission from the Royal Society of London).
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in the Bay of Biscay which is closed by this rotation. 
Geologic evidence (Section 3.3) and information pro-
vided by magnetic lineations in the Atlantic (Section 
4.1.7) indicate that the reconstruction represents the 
continental confi guration during late Triassic/early 
Jurassic times approximately 200 Ma ago.

Examination of Fig. 3.2 reveals a number of overlaps 
of geologic signifi cance, some of which may be related 
to the process of stretching and thinning during the 
formation of rifted continental margins (Section 7.7). 
Iceland is absent because it is of Cenozoic age and its 
construction during the opening of the Atlantic post-
dates the reconstruction. The Bahama Platform appears 
to overlap the African continental margin and main-
land. It is probable, however, that the platform repre-
sents an accumulation of sediment capped by coral on 
oceanic crust that formed after the Americas separated 
(Dietz & Holden, 1970). Similarly, the Niger Delta 
of Africa appears to form an overlap when in fact it 
also developed in part on oceanic crust formed after 
rifting.

A major criticism of the reconstruction is the overlap 
of Central America on to South America and absence 
of the Caribbean Sea. This must be viewed, however, 
in the light of our knowledge of the history of the 
opening of the Atlantic based, for the most part, on its 

pattern of magnetic lineations. Geologic and geometric 
considerations suggest that the Paleozoic crustal blocks 
which underlie Central America were originally situ-
ated within the region now occupied by the Gulf of 
México, an area existing within the reconstruction (Fig. 
3.3). The North Atlantic started to open about 180 Ma 
ago, and the South Atlantic somewhat later, about 
130 Ma ago. The poles of rotation of the North and 
South Atlantic were suffi ciently different that the 
opening created the space between North and South 
America now occupied by the Caribbean. This also 
allowed a clockwise rotation of the Central American 
blocks out of the Gulf of México to their present loca-
tions. About 80 Ma ago the poles of rotation of the 
North and South Atlantic changed to an almost identi-
cal location in the region of the present north pole so 
that from this time the whole Atlantic Ocean effectively 
opened as a single unit.

3.2.4 The reconstruction 
of Gondwana

Geometric evidence alone has also been used in the 
reconstruction of the southern continents that make up 

Yucatan block

Chortis block

110˚ 100˚ 90˚ 80˚

30˚

20˚
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100˚ 90˚ 80˚0 400 km

Figure 3.3  Reconstruction of the Central American region within the Bullard et al. fi t of the continents around the 
Atlantic (Fig. 3.2). C, location of pre-Mesozoic portions of Cuba (redrawn from White, 1980, with permission from Nature 
283, 823–6. Copyright 1980 Macmillan Publishers Ltd).
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Gondwana. The fi rst such reconstruction was per-
formed by Smith & Hallam (1970) and is illustrated in 
Fig. 3.4. The shapes of the continental edges of the east 
coast of Africa, Madagascar, India, Australia, and Ant-
arctica are not quite so well suited to fi tting as the 
circum-Atlantic continents. However this reconstruc-
tion has been confi rmed by subsequent analysis of the 
record of magnetic lineations in the Indian Ocean 
(Section 4.1.7).

3.3 GEOLOGIC 
EVIDENCE FOR 
CONTINENTAL DRIFT

The continental reconstructions discussed in Sections 
3.2.3 and 3.2.4 are based solely on the geometric fi t of 
continental shelf edges. If they represent the true 
ancient confi gurations of continents it should be pos-
sible to trace continuous geologic features from one 
continent to another across the fi ts. The matching of 
features requires the rifting of the supercontinent 
across the general trend of geologic features. This does 

not always occur as the location of the rift is often 
controlled by the geology of the supercontinent, and 
takes place along lines of weakness that may run paral-
lel to the geologic grain. However, there remain many 
geologic features that can be correlated across juxta-
posed continental margins, some of which are listed 
below.

1 Fold belts. The continuity of the Appalachian 
fold belt of eastern North America with the 
Caledonian fold belt of northern Europe, 
illustrated in Fig. 3.5, is a particularly well-
studied example (Dewey, 1969). Within the 
sedimentary deposits associated with fold belts 
there is often further evidence for continental 
drift. The grain size, composition, and age 
distribution of detrital zircon minerals in the 
sediments can be used to determine the nature 
and direction of their source. The source of 
sediments in the Caledonides of northern 
Europe lies to the west in a location now 
occupied by the Atlantic, indicating that, in the 
past, this location must have been occupied by 
continental crust (Rainbird et al., 2001; Cawood 
et al., 2003).

2 Age provinces. The correlation of the patterns of 
ages across the southern Atlantic is shown in 
Fig. 3.6, which illustrates the matching of both 

Figure 3.4  Fit of the southern continents and India (redrawn from Smith & Hallam, 1970, with permission from Nature 
225, 139–44. Copyright 1970 Macmillan Publishers Ltd).
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Precambrian cratons and rocks of Paleozoic age 
(Hallam, 1975).

3 Igneous provinces. Distinctive igneous rocks can 
be traced between continents as shown in Fig. 
3.7. This applies both to extrusive and intrusive 
rocks, such as the belt of Mesozoic dolerite, 
which extends through southern Africa, 
Antarctica, and Tasmania, and the approxi-
mately linear trend of Precambrian anorthosites 
(Section 11.4.1) through Africa, Madagascar, 
and India (Smith & Hallam, 1970).

4 Stratigraphic sections. Distinctive stratigraphic 
sequences can also be correlated between 
adjacent continents. Figure 3.8 shows 
stratigraphic sections of the Gondwana 
succession, a terrestrial sequence of sediments 
of late Paleozoic age (Hurley, 1968). Marker 
beds of tillite and coal, and sediments 
containing Glossopteris and Gangamopteris fl ora 
(Section 3.5) can be correlated through South 
America, South Africa, Antarctica, India, and 
Australia.

Baltic shield

Russian
platform

African Foreland
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Figure 3.5  The fi t of the continents around the North Atlantic, after Bullard et al. (1965), and the trends of the 
Appalachian-Caledonian and Variscan (early and late Paleozoic) fold belts (dark and light shading respectively). The 
two phases of mountain building are superimposed in eastern North America (redraw from Hurley, 1968; the 
Confi rmation of Continental Drift. Copyright © 1968 by Scientifi c American, Inc. All rights reserved.)

Figure 3.6  Correlation of cratons and younger mobile 
belts across the closed southern Atlantic Ocean 
(redrawn from Hurley, 1968, the Confi rmation of 
Continental  Drift. Copyright © 1968 by Scientifi c 
American, Inc. All rights reserved.)
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5 Metallogenic provinces. Regions containing 
manganese, iron ore, gold, and tin can be 
matched across adjacent coastlines on such 
reconstructions (Evans, 1987).

3.4 PALEOCLIMATOLOGY

The distribution of climatic regions on the Earth is 
controlled by a complex interaction of many phenom-
ena, including solar fl ux (i.e. latitude), wind directions, 
ocean currents, elevation, and topographic barriers 
(Sections 13.1.2, 13.1.3). The majority of these phe-
nomena are only poorly known in the geologic record. 
On a broad scale, however, latitude is the major con-
trolling factor of climate and, ignoring small micro-
climatic regions dependent on rare combinations of 
other phenomena, it appears likely that the study of 
climatic indicators in ancient rocks can be used to infer, 
in a general sense, their ancient latitude. Consequently, 

Figure 3.7  Correlation of Permo-Carboniferous glacial 
deposits, Mesozoic dolerites, and Precambrian 
anorthosites between the reconstructed continents of 
Gondwana (after Smith & Hallam, 1970, with permission 
from Nature 225, 139–44. Copyright 1970 Macmillan 
Publishers Ltd).

Figure 3.8  Correlation of stratigraphy between Gondwana continents (redrawn from Hurley, 1968, the Confi rmation 
of Continental Drift. Copyright © 1968 by Scientifi c American, Inc. All rights reserved.)
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paleoclimatology, the study of past climates (Frakes, 
1979), may be used to demonstrate that continents have 
drifted at least in a north–south sense. It must be real-
ized, however, that the Earth is presently in an intergla-
cial period, and so parallels between modern and 
ancient climates may not be completely justifi ed. The 
important paleolatitude indicators are listed below.

1 Carbonates and reef deposits. These deposits are 
restricted to warm water and occur within 30° 
of the equator at the present day where 
temperatures fall in the narrow range 25–
30°C.

2 Evaporites. Evaporites are formed under hot 
arid conditions in regions where evaporation 
exceeds seawater infl ux and/or precipitation, 
and are usually found in basins bordering a 
sea with limited or intermittent connection 
to the ocean proper (Section 13.2.4). At the 
present day they do not form near the 
equator, but rather in the arid subtropical 
high pressure zones between about 10° and 
50° where the required conditions prevail, 
and it is believed that fossil evaporites 
formed in a similar latitudinal range 
(Windley, 1984).

3 Red-beds. These include arkoses, sandstones, 
shales, and conglomerates that contain 
hematite. They form under oxidizing condi-
tions where there is an adequate supply of 
iron. A hot climate is required for the 
dehydration of limonite into hematite, and at 
present they are restricted to latitudes of less 
than 30°.

4 Coal. Coal is formed by the accumulation and 
degradation of vegetation where the rate of 
accumulation exceeds that of removal and 
decay. This occurs either in tropical rain forests, 
where growth rates are very high, or in 
temperate forests where growth is slower but 
decay is inhibited by cold winters. Thus, coals 
may form in high or low latitudes, each type 
having a distinctive fl ora. In Wegener’s compila-
tion of paleoclimatic data for the Carboniferous 
and Permian (Fig. 1.3), the Carboniferous coals 
are predominantly of the low latitude type, 
whereas the Permian coals of Gondwana are of 
the high latitude type. Younger coals were 
typically formed at high latitudes.

5 Phosphorites. At the present day phosphorites 
form within 45° of the equator along the 
western margins of continents where upwell-
ings of cold, nutrient-rich, deep water occur, or 
in arid zones at low latitudes along east-west 
seaways.

6 Bauxite and laterite. These aluminum and iron 
oxides only form in a strongly oxidizing 
environment. It is believed that they only 
originate under the conditions of tropical or 
subtropical weathering.

7 Desert deposits. Care must be employed in using 
any of these deposits because desert conditions 
can prevail in both warm and cold environments. 
However, the dune bedding of desert sandstones 
can be used to infer the ancient direction of the 
prevailing winds. Comparison of these with the 
direction of the modern wind systems found at 
their present latitudes can indicate if the 
continent has undergone any rotation.

8 Glacial deposits. Glaciers and icecaps, excluding 
those of limited size formed in mountain 
ranges, are limited to regions within about 30° 
of the poles at the present day.

The results of applying these paleoclimatic tech-
niques strongly indicate that continents have changed 
their latitudinal position throughout geologic time. For 
example, during the Permian and Carboniferous the 
Gondwana continents were experiencing an extensive 
glaciation (Martin, 1981) and must have been situated 
near the south pole (Fig. 3.9). At the same time in 
Europe and the eastern USA, coal and extensive reef 
deposits were forming, which subsequently gave way to 
hot deserts with evaporite deposits. The northern con-
tinents were thus experiencing a tropical climate in 
equatorial latitudes (see also Fig. 1.3).

3.5 PALEONTOLOGIC 
EVIDENCE FOR 
CONTINENTAL DRIFT

Continental drift has affected the distribution of ancient 
animals and plants (Briggs, 1987) by creating barriers to 
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their dispersal (Hallam, 1972). An obvious example of 
this would be the growth of an ocean between two 
fragments of a supercontinent which prevented migra-
tion between them by terrestrial life-forms. The 
past distribution of tetrapods implies that there must 
have been easy communication between all parts of 
Gondwana and Laurasia. Remains of the early Permian 
reptile Mesosaurus are found in Brazil and southern 
Africa. Although adapted to swimming, it is believed 
that Mesosaurus was incapable of travelling large dis-
tances and could not have crossed the 5000 km of ocean 
now present between these two localities.

Oceans can also represent dispersal barriers to 
certain animals which are adapted to live in relatively 
shallow marine environments. The widespread disper-
sal of marine invertebrates can only occur in their larval 
stages when they form part of the plankton (Hallam, 
1973b). For most species the larval stage is too short-
lived to exist for the duration of the crossing of a large 
ocean. Consequently, ancient faunal province boundar-
ies frequently correlate with sutures, which represent 
the join lines between ancient continents brought into 
juxtaposition by the consumption of an intervening 
ocean. The distribution of Cambrian trilobites strongly 

Areas of tropical coal forests at 300 Ma which
some 50 Ma later became vast hot deserts

Areas of glaciation between 300 and 250 Ma
with arrows indicating known directions of ice movement

Figure 3.9  Use of paleoclimatic data to control and confi rm continental reconstructions (redrawn from Tarling & 
Tarling, 1971).
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suggests that in Lower Paleozoic times there existed 
several continents separated by major ocean basins. The 
similarity between ammonite species now found in 
India, Madagascar, and Africa indicates that only shallow 
seas could have existed between these regions in Juras-
sic times.

Paleobotany similarly reveals the pattern of conti-
nental fragmentation. Before break-up, all the Gond-
wana continents supported, in Permo-Carboniferous 
times, the distinctive Glossopteris and Gangamopteris 
fl oras (Hurley, 1968; Plumstead, 1973) (Fig. 3.8), which 
are believed to be cold climate forms. At the same time 
a varied tropical fl ora existed in Laurasia (Fig. 3.10). 
After fragmentation, however, the fl ora of the individ-
ual continents diversifi ed and followed separate paths 
of evolution.

A less obvious form of dispersal barrier is climate, 
as the latitudinal motions of continents can create 
climatic conditions unsuitable for certain organisms. 

Indeed, relative continental movements can modify the 
pattern of ocean currents, mean annual temperature, 
the nature of seasonal fl uctuations, and many other 
factors (Valentine & Moores, 1972) (Section 13.1.2). 
Also, plate tectonic processes can give rise to changes 
in topography, which modify the habitats available for 
colonization (Section 13.1.3).

The diversity of species is also controlled by con-
tinental drift. Diversity increases towards the equator 
so that the diversity at the equator is about ten times 
that at the poles. Consequently, drifting in a north–
south direction would be expected to control the 
diversity on a continent. Diversity also increases with 
continental fragmentation (Kurtén, 1969). For 
example, 20 orders of reptiles existed in Paleozoic 
times on Pangea, but with its fragmentation in Meso-
zoic times 30 orders of mammals developed on the 
various continents. Each continental fragment 
becomes a nucleus for the adaptive radiation of the 

Figure 3.10  Present distributions of Pangean fl ora and fauna (redrawn from Tarling & Tarling, 1971).
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species as a result of genetic isolation and the mor-
phological divergence of separate faunas. Conse-
quently, more species evolve as different types occupy 
similar ecological niches. Figure 3.11, from Valentine 
& Moores (1970), compares the variation in the 
number of fossil invertebrate families existing in the 
Phanerozoic with the degree of continental fragmen-
tation as represented by topological models. The cor-
relation between number of species and fragmentation 
is readily apparent. An example of such divergence 
is the evolution of anteating mammals. As the result 
of evolutionary divergence this specialized mode of 
behavior is followed by different orders on separated 
continents: the antbears (Edentata) of South America, 
the pangolins (Pholidota) of northeast Africa and 
southeast Asia, the aardvarks (Tubulidentata) of central 
and southern Africa, and the spiny anteaters (Mono-
tremata) of Australia.

Continental suturing leads to the homogenization 
of faunas by cross-migration (Hallam, 1972) and the 
extinction of any less well-adapted groups which face 

stronger competition. Conversely, continental rifting 
leads to the isolation of faunas which then follow 
their own distinct evolutionary development. For 
example, marsupial mammals probably reached Aus-
tralia from South America in the Upper Cretaceous 
along an Antarctic migration route (Hallam, 1981) 
before the Late Cretaceous marine transgression 
removed the land connection between South America 
and Antarctica and closed the route for the later 
evolving placental mammals. Sea fl oor spreading then 
ensured the isolation of Australia when the sea level 
dropped, and the marsupials evolved unchallenged 
until the Neogene when the collision of Asia and 
New Guinea allowed the colonization of placental 
mammals from Asia.

3.6 PALEOMAGNETISM

3.6.1 Introduction

The science of paleomagnetism is concerned with 
studies of the fossil magnetism that is retained in certain 
rocks. If this magnetism originated at the time the rock 
was formed, measurement of its direction can be used 
to determine the latitude at which the rock was created. 
If this latitude differs from the present latitude at which 
the rock is found, very strong evidence has been fur-
nished that it has moved over the surface of the Earth. 
Moreover, if it can be shown that the pattern of move-
ment differs from that of rocks of the same age on a 
different continent, relative movement must have 
occurred between them. In this way, paleomagnetic 
measurements demonstrated that continental drift has 
taken place, and provided the fi rst quantitative estimates 
of relative continental movements. For fuller accounts 
of the paleomagnetic method, see Tarling (1983) and 
McElhinny & McFadden (2000).

3.6.2 Rock magnetism

Paleomagnetic techniques make use of the phenome-
non that certain minerals are capable of retaining a 
record of the past direction of the Earth’s magnetic 
fi eld. These minerals are all paramagnetic, that is, they 
contain atoms which possess an odd number of elec-

Figure 3.11  Correlation of invertebrate diversity with 
time and continental distribution. A, earlier Pangea; 
B, fragmentation of earlier Pangea producing oceans 
preceding Caledonian (1), Appalachian (2), Variscan (3), 
and Uralian (4) orogenies; C, suturing during Caledonian 
and Acadian orogenies; D, suturing during Appalachian 
and Variscan orogenies; E, suturing of Urals and 
reassembly of Pangea; F, opening of Tethys Ocean; 
G, fragmentation of Pangea. a, Gondwana; b, Laurasia; 
c, North America; d, South America; e, Eurasia; f, Africa; 
g, Antarctica; h, India; i, Australia (after Valentine & 
Moores, 1970, with permission from Nature 228, 657–9. 
Copyright 1970 Macmillan Publishers Ltd).
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trons. Magnetic fi elds are generated by the spin and 
orbital motions of the electrons. In shells with paired 
electrons, their magnetic fi elds essentially cancel each 
other. The unpaired electrons present in paramagnetic 
substances cause the atoms to act as small magnets or 
dipoles.

When a paramagnetic substance is placed in a 
weak external magnetic fi eld, such as the Earth’s 
fi eld, the atomic dipoles rotate so as to become par-
allel to the external fi eld direction. This induced 
magnetization is lost when the substance is removed 
from the fi eld as the dipoles return to their original 
orientations.

Certain paramagnetic substances which contain a 
large number of unpaired electrons are termed ferro-
magnetic. The magnetic structure of these substances 
tends to devolve into a number of magnetic domains, 
within which the atoms are coupled by the interaction 
of the magnetic fi elds of the unpaired electrons. This 
interaction is only possible at temperatures below the 
Curie temperature, as above this temperature the 
energy level is such as to prohibit interatomic magnetic 
bonding and the substance then behaves in an ordinary 
paramagnetic manner.

Within each domain the internal alignment of 
linked atomic dipoles causes the domain to possess 
a net magnetic direction. When placed in a magnetic 
fi eld the domains whose magnetic directions are in 
the same sense as the external fi eld grow in size at 
the expense of domains aligned in other directions. 
After removal from the external fi eld a preferred 
direction resulting from the growth and shrinkage of 
the domains is retained so that the substance exhib-
its an overall magnetic directionality. This retained 
magnetization is known as permanent or remanent 
magnetism.

3.6.3 Natural remanent 
magnetization

Rocks can acquire a natural remanent magnetization 
(NRM) in several ways. If the NRM forms at the same 
time as the rock it is referred to as primary; if acquired 
during the subsequent history of the rock it is termed 
secondary.

The primary remanence of igneous rocks is known 
as thermoremanent magnetization (TRM). It is acquired 
as the rock cools from its molten state to below the 

Curie temperature, which is realized after solidifi ca-
tion. At this stage its ferromagnetic minerals pick up a 
magnetism in the same sense as the geomagnetic fi eld 
at that time, which is retained during its subsequent 
history.

The primary remanence in clastic sedimentary rocks 
is known as detrital remanent magnetization (DRM). As 
the sedimentary particles settle through the water 
column, any ferromagnetic minerals present align in 
the direction of the geomagnetic fi eld. On reaching 
bottom the particles fl atten out, and if of elongate form 
preserve the azimuth of the geomagnetic fi eld but not 
its inclination (Fig. 3.12). After burial, when the sedi-
ment is in a wet slurry state, the magnetic particles 
realign with the geomagnetic fi eld as a result of micro-
seismic activity, and this orientation is retained as the 
rock consolidates.

Secondary NRM is acquired during the subse-
quent history of the rock according to various pos-
sible mechanisms. Chemical remanent magnetization 
(CRM) is acquired when ferromagnetic minerals are 
formed as a result of a chemical reaction, such as 
oxidation. When of a suffi cient size for the forma-
tion of one or more domains, the grains become 
magnetized in the direction of the geomagnetic fi eld 
at the time of reaction. Isothermal remanent magneti-
zation (IRM) occurs in rocks which have been sub-
jected to strong magnetic fi elds, as in the case of a 
lightning strike. Viscous remanent magnetization (VRM) 
may arise when a rock remains in a relatively weak 
magnetic fi eld over a long period of time as the 
magnetic domains relax and acquire the external 
fi eld direction.

Some CRM may be acquired soon after formation, 
for example during diagenesis, or during a metamor-
phic event of known age, and hence preserve useful 
paleomagnetic information.

CRM, TRM, and DRM tend to be “hard,” and 
remain stable over long periods of time, whereas 
certain secondary components of NRM, notably 
VRMs, tend to be “soft” and lost relatively easily. It is 
thus possible to destroy the “soft” components and 
isolate the “hard” components by the technique of 
magnetic cleaning. This involves monitoring the orien-
tation and strength of the magnetization of a rock 
sample as it is subjected either to an alternating fi eld 
of increasing intensity or to increasing temperature. 
Having isolated the primary remanent magnetization, 
its strength and direction are measured with either a 
spinner magnetometer or superconducting magne-
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tometer. The latter instrument is extremely sensitive 
and capable of measuring NRM orientations of rocks 
with a very low concentration of ferromagnetic 
minerals.

3.6.4 The past and present 
geomagnetic fi eld

The magnetic fi eld of the Earth approximates the fi eld 
that would be expected from a large bar magnet embed-
ded within it inclined at an angle of about 11° to the 
spin axis. The actual cause of the geomagnetic fi eld 
is certainly not by such a magnetostatic process, as 
the magnet would have to possess an unrealistically 
large magnetization and would lie in a region where the 
temperatures would be greatly in excess of the Curie 
temperature.

The geomagnetic fi eld is believed to originate from 
a dynamic process, involving the convective circulation 
of electrical charge in the fl uid outer core, known as 
magnetohydrodynamics (Section 4.1.3). However, it is 
convenient to retain the dipole model as simple calcula-
tions can then be made to predict the geomagnetic fi eld 
at any point on the Earth.

The geomagnetic fi eld undergoes progressive 
changes with time, resulting from variations in the con-
vective circulation pattern in the core, known as secular 
variation. One manifestation of this phenomenon is that 
the direction of the magnetic fi eld at a particular geo-
graphic location rotates irregularly about the direction 
implied by an axial dipole model with a periodicity of 
a few thousand years. In a paleomagnetic study the 
effects of secular variation can be removed by collecting 
samples from a site which span a stratigraphic interval 
of many thousands of years. Averaging the data from 
these specimens should then remove secular variation 
so that for the purposes of paleomagnetic analysis the 
geomagnetic fi eld in the past may be considered to 
originate from a dipole aligned along the Earth’s axis of 
rotation.

Paleomagnetic measurements provide the intensity, 
azimuth and inclination of the primary remanent 
magnetization, which refl ect the geomagnetic para-
meters at the time and place at which the rock was 
formed. By assuming the axial geocentric dipole model 
for the geomagnetic fi eld, discussed above, the inclina-
tion I can be used to determine the paleolatitude φ at 
which the rock formed according to the relation-
ship 2 tan φ = tan I. With a knowledge of the paleo-
latitude and the azimuth of the primary remanent 

Figure 3.12  Development of detrital remanent magnetization.
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magnetization, that is, the ancient north direction, the 
apparent location of the paleopole can be computed. 
Such computations, combined with age determina-
tions of the samples by radiometric or biostratigraphic 
methods, make possible the calculation of the appar-
ent location of the north magnetic pole at a particular 
time for the continent from which the samples were 
collected. Paleomagnetic analyses of samples of a 
wide age range can then be used to trace how the 
apparent pole position has moved over the Earth’s 
surface.

It is important to recognize that remanent magne-
tization directions cannot provide an estimate of 
paleolongitude, as the assumed dipole fi eld is axisym-
metric. There is a consequent uncertainty in the ancient 
location of any sampling site, which could have been 
situated anywhere along a small circle, defi ned by the 
paleolatitude, centered on the pole position.

If a paleomagnetic study provides a magnetic pole 
position different from the present pole, it implies 
either that the magnetic pole has moved throughout 
geologic time, that is, the magnetic pole has wandered 
relative to the rotational pole, or if the poles have 
remained stationary that the sampling site has moved, 
that is, continental drift has occurred. It appears that 
wandering of the magnetic pole away from the geo-
graphic pole is unlikely because all theoretical models 
for the generation of the fi eld predict a dominant dipole 
component paralleling the Earth’s rotational axis 
(Section 4.1.3). Consequently, paleomagnetic studies 
can be used to provide a quantitative measure of con-
tinental drift.

An early discovery of paleomagnetic work was that 
in any one study about half of the samples analysed 
provided a primary remanent magnetization direction 
in a sense 180° different from the remainder. Although 
the possibility of self-reversal of rock magnetism 
remains, it is believed to be a rare phenomenon, and 
so these data are taken to refl ect changes in the polar-
ity of the geomagnetic fi eld. The fi eld can remain 
normal for perhaps a million years and then, over an 
interval of a few thousand years, the north magnetic 
pole becomes the south magnetic pole and a period of 
reversed polarity obtains. Polarity reversals are random, 
but obviously affect all regions of the Earth synchro-
nously so that, coupled with radiometric or paleonto-
logic dating, it is possible to construct a polarity 
timescale. This subject will be considered further in 
Chapter 4.

3.6.5 Apparent polar 
wander curves

Paleomagnetic data can be displayed in two ways. One 
way is to image what is believed to be the true situa-
tion, that is, plot the continent in a succession of posi-
tions according to the ages of the sampling sites (Fig. 
3.13a). This form of display requires the assumption of 
the paleolongitudes of the sites. The other way is to 
regard the continent as remaining at a fi xed position 
and plot the apparent positions of the poles for various 
times to provide an apparent polar wander (APW) path 
(Fig. 3.13b). As discussed above, this representation 
does not refl ect real events, but it overcomes the lack 
of control of paleolongitude and facilitates the display 
of information from different regions on the same 
diagram.

The observation that the apparent position of the 
pole differed for rocks of different ages from the same 
continent demonstrated that continents had moved 
over the surface of the Earth. Moreover, the fact that 
APW paths were different for different continents 
demonstrated unequivocally that relative movements 
of the continents had taken place, that is, continental 
drift had occurred. Paleomagnetic studies thus con-
fi rmed and provided the fi rst quantitative measure-
ments of continental drift. Figure 3.14a illustrates the 
APW paths for North America and Europe from the 
Ordovician to the Jurassic. Figure 3.14b shows the 
result of rotating Europe and its APW path, according 
to the rotation parameters of Bullard et al. (1965), to 
close up the Atlantic Ocean. The APW paths for 
Europe and North America then correspond very 
closely from the time the continents were brought 
together at the end of the Caledonian orogeny, 
approximately 400 Ma ago, until the opening of the 
Atlantic.

APW paths can be used to interpret motions, 
collisions, and disruptions of continents (Piper, 1987), 
and are especially useful for pre-Mesozoic continents 
whose movements cannot be traced by the pattern 
of magnetic lineations in their surrounding ocean 
basins (Section 4.1.6). Figure 3.15 represents the full 
Wilson cycle (Section 7.9) of the opening and closure 
of an ocean basin between two continents. Before 
rifting, the two segments A and B of the initial 
continent have similar APW paths. They are unlikely 
to be identical as it is improbable that the initial rift 
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and fi nal suture would coincide. After rifting the two 
segments describe diverging APW paths until the 
hairpin at time 8 signals a change in direction of 
motion to one of convergence. After suturing at 
time 12 the two segments follow a common polar 
track.

The southern continents, plus India, are thought 
to have formed a single continent, Gondwana, from 
late Pre-Cambrian to mid-Jurassic time. During this 
period, of approximately 400 Ma, they should have the 
same polar wander path when reassembled. Figure 
3.16 illustrates a modern polar wander path for Gond-
wana (Torsvik & Van der Voo, 2002). The track of 
the path relative to South America can be compared 
with the very early path given by Creer (1965) (Fig. 
3.13b). The seemingly greater detail of the path 
shown in Fig. 3.16 may however be unwarranted. 
There is considerable disagreement over the details of 
the APW path for Gondwana, presumably because of 
the paucity of suffi cient reliable data (Smith, 1999; 
McElhinny & McFadden, 2000). Interestingly the path 
favored by Smith (1999), based on a detailed analysis 

of paleomagnetic and paleoclimatic data, is very com-
parable to that of Creer (1965). All APW paths for 
Gondwana have the south pole during Carboniferous 
times in the vicinity of southeast Africa, as did 
Wegener (Fig. 1.3), and the Ordovician pole position 
in northwest Africa, where there is evidence for a 
minor glaciation in the Saharan region at this time 
(Eyles, 1993).

3.6.6 Paleogeographic 
reconstructions based on 
paleomagnetism

Reconstructions of the relative positions of the main 
continental areas at various times in the past 200 Ma 
are best achieved using the very detailed information 
on the evolution of the present ocean basins pro-
vided by the linear oceanic magnetic anomalies 
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Figure 3.13  Two methods of displaying paleomagnetic data: (a) assuming fi xed magnetic poles and applying 
latitudinal shifts to the continent; (b) assuming a fi xed continent and plotting a polar wander path. Subsequent work 
has modifi ed the detail of the movements shown. Note that the south pole has been plotted (redrawn from Creer, 1965, 
with permission from the Royal Society of London).
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(Section 4.1.7). In order to position the continents in 
their correct paleolatitudes however, paleomagnetic 
results must be combined with these reconstructions 
to identify the positions of the paleopoles and paleo-
equator. The sequence of paleogeographic maps in 
Chapter 13 (Figs 13.2–13.7) was obtained in this way. 
For any time prior to 200 Ma the constraints pro-
vided by the oceanic data are no longer available 
and reconstructions are based on paleomagnetic 
results and geologic correlations. Examples of these 
pre-Mesozoic reconstructions will be discussed in 
Chapter 11.
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4.1 SEA FLOOR 
SPREADING

4.1.1 Introduction

By the late 1950s much evidence for continental drift 
had been assembled, but the theory was not generally 
accepted. Up to this time, work had concentrated upon 
determining the pre-drift confi gurations of the conti-
nents and assessing their geologic consequences. The 
paths by which the continents had attained their present 
positions had not been determined. In order to study 
the kinematics of continental drift it was necessary to 
study the regions now separating once juxtaposed con-
tinents. Consequently, at this time interest moved from 
the continents to the intervening ocean basins.

Any kind of direct observation of the sea fl oor, such 
as drilling, dredging, or submersible operations, is time 
consuming, expensive, and provides only a low density 
of data. Much of the information available over oceanic 
areas has therefore been provided by geophysical 
surveys undertaken from ships or aircraft. One such 
method involves measuring variations in the strength 
of the Earth’s magnetic fi eld. This is accomplished using 
either fl uxgate, proton precession, or optical absorption 
magnetometers, which require little in the way of ori-
entation so that the sensing element can be towed 
behind the ship or aircraft at a suffi cient distance to 
minimize their magnetic effects. In this way total fi eld 
values are obtained which are accurate to ±1 nanotesla 
(nT) or about 1 part in 50,000. Magnetometers provide 
a virtually continuous record of the strength of the geo-
magnetic fi eld along their travel paths. These absolute 
values are subsequently corrected for the externally 
induced magnetic fi eld variations which give rise to a 
diurnal effect, and the regional magnetic fi eld arising 
from that part of the magnetic fi eld generated in the 
Earth’s core. In theory the resulting magnetic anoma-
lies should then be due solely to contrasts in the mag-
netic properties of the underlying rocks. The anomalies 
originate from the generally small proportion of ferro-
magnetic minerals (Section 3.6.2) contained within the 
rocks, of which the most common is magnetite. In 
general, ultramafi c and mafi c rocks contain a high pro-
portion of magnetite and thus give rise to large mag-
netic anomalies. Metamorphic rocks are moderately 

magnetic and acid igneous and sedimentary rocks are 
usually only weakly magnetic. A full account of the 
magnetic surveying method is given in Kearey et al. 
(2002).

On land, magnetic anomalies refl ect the variable 
geology of the upper continental crust. The oceanic 
crust, however, is known to be laterally uniform (Section 
2.4.4) and so unless the magnetic properties are hetero-
geneous it would be expected that marine magnetic 
anomalies would refl ect this compositional uniformity.

4.1.2 Marine magnetic 
anomalies

Magnetic surveying is easily accomplished, and mea-
surements have been carried out from survey vessels 
since the mid 1950s both on specifi c surveys and 
routinely on passage to the locations of other oceano-
graphic investigations.

A most signifi cant magnetic anomaly map (Fig. 4.1) 
was constructed after detailed surveys off the western 
seaboard of North America (Mason & Raff, 1961; Raff & 
Mason, 1961). The magnetic fi eld was shown to be any-
thing but uniform, and revealed an unexpected pattern 
of stripes defi ned by steep gradients separating linear 
regions of high amplitude positive and negative anoma-
lies. These magnetic lineations are remarkably persis-
tent, and can be traced for many hundreds of kilometers. 
Their continuity, however, is interrupted at major oceanic 
fracture zones, where the individual anomalies are offset 
laterally by distances of up to 1100 km.

Subsequent surveys have shown that magnetic linea-
tions are present in virtually all oceanic areas. They are 
generally 10–20 km wide and characterized by a peak-
to-peak amplitude of 500–1000 nT. They run parallel to 
the crests of the mid-ocean ridge system (Chapter 6), 
and are symmetrical about the ridge axes (Fig. 4.2).

The source of these linear magnetic anomalies 
cannot be oceanic layer 1, which is made up of non-
magnetic sediments. They cannot originate at a depth 
corresponding to layer 3 as sources solely within this 
layer would be too deep to generate the steep anomaly 
gradients. The source of the anomalies must there-
fore be, at least in part, in oceanic layer 2. This con-
clusion is consistent with the basaltic composition of 
layer 2 determined by dredging and drilling (Section 
2.4.6), since basalt is known to contain a relatively 
high proportion of magnetic minerals. The magnetic 
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lineations therefore confi rm that layer 2 is everywhere 
composed of this rock type.

If magnetic lineations are generated by a layer of 
homogeneous composition, how do the magnetic con-
trasts originate that are responsible for the juxtaposition 
of large positive and negative magnetic anomalies? The 
shape of a magnetic anomaly is determined by both the 
geometric form of the source and the orientation of 
its magnetization vector. Oceanic layer 2 maintains a 
relatively constant depth and thickness. Any anomalies 
arising because of rugged topography on the top of the 
layer would attenuate too rapidly to account for the 
amplitude of the anomalies observed on the surface 
3–7 km above the seabed. Consequently, the lineations 
must arise because adjacent blocks of layer 2 are mag-
netized in different directions. Figure 4.3 shows an 
interpretation of magnetic anomalies observed over the 
Juan de Fuca Ridge in the northeastern Pacifi c. Layer 2 

has been divided into a series of blocks running parallel 
to the ridge crest which have been assigned magnetiza-
tion vectors which are either in the direction of the 
ambient geomagnetic fi eld or in the reversed direction. 
The interpretation shows that the observed anomalies 
are simulated by a model in which the intensities of the 
magnetization vary, and that relatively high values of 
some 10 A m−1 are required to produce the necessary 
contrasts.

4.1.3 Geomagnetic reversals

The possibility that the geomagnetic fi eld reverses 
polarity was fi rst suggested during the early part of the 
20th century, when it was noted that reversed magneti-
zations were present in some rock samples, and that the 
low amplitudes of magnetic anomalies observed over 

Figure 4.1  Magnetic anomaly lineations in the northeastern Pacifi c Ocean. Positive anomalies in black; also shown 
are the oceanic fracture zones at which the lineations are offset (after Menard, 1964, with permission from the estate of 
the late Professor H. William Menard).
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Figure 4.2  Magnetic lineations either side of the mid-
Atlantic ridge south of Iceland. Positive anomalies in 
black (after Heirtzler et al., 1966, in Deep Sea Research 
13, 428, with permission from Pergamon Press. 
Copyright Elsevier 1966).

certain volcanic sequences were explicable in terms of 
a reversed magnetization vector.

By the early 1960s the concept of geomagnetic fi eld 
reversals was being revived, both because of the large 
number of paleomagnetic measurements revealing 
reversed magnetization, and the demonstration that 
self-reversal, whereby a reversed magnetization can 
originate from interaction with normally magnetized 
material, was a very rare phenomenon. By the mid 
1960s, following the work of Cox et al. (1964, 1967) on 
lava fl ows erupted within the past few million years, the 
concept was widely accepted. More recently, paleomag-
netic studies of rapidly deposited sediments, lava fl ow 
sequences, and slowly cooled igneous intrusions have 
shown that a magnetic reversal occurs over a time inter-
val of about 5000 years. It is accompanied by a reduc-
tion in fi eld intensity to about 25% of its normal value 
which commences some time before the reversal and 

continues for some time afterwards, with a total dura-
tion of about 10,000 years.

There is no general theory for the origin of the 
geomagnetic fi eld. However, it is recognized that the 
main part originates within the Earth, and must be 
caused by dynamic processes. A magnetostatic origin 
appears impossible as no known material is suffi ciently 
magnetic to give rise to the magnitude of the fi eld 
observed at the surface, and subsurface temperatures 
would be well in excess of the Curie point, even given 
that its dependence upon pressure is largely unknown. 
The temporal variation of the internally generated 
fi eld would also be inexplicable with such a model.

The geomagnetic fi eld is believed to originate by 
magnetohydrodynamic processes within the fl uid 
(outer) part of the Earth’s core, magnetohydrodynam-
ics being that branch of physics concerned with the 
interaction of fl uid motions, electric currents, and 
magnetic fi elds. Indeed, this process is also believed to 
be responsible for the magnetic fi elds of other planets 
and certain stars. The process requires the celestial 
body to be rotating and to be partly or completely 
composed of a mobile fl uid which is a good electrical 
conductor. The turbulent or convecting fl uid consti-
tutes a dynamo, because if it moves in a pre-existing 
magnetic fi eld it generates an electric current which 
has a magnetic fi eld associated with it. When the mag-
netic fi eld is supplied solely by the electric currents, the 
dynamo is said to be “self-excited.” Once “excited,” the 
dynamo becomes self-perpetuating as long as there is 
a primary energy source to maintain the convection 
currents. The process is complex, and analytic solu-
tions are only available for the very simplest confi gura-
tions, which cannot approach the true confi guration in 
the core. The fi eld is thought to be maintained by 
convection in the outer core, which is thermally or 
gravitationally driven, either by heat sources in the 
core, such as potassium (40K), or the latent heat and 
light constituents released during solidifi cation of the 
inner core due to the slow cooling of the Earth (Section 
2.9) (Merrill et al., 1996).

A mathematical formulation of the geodynamo has 
not been possible because of the complexity of the 
physical processes occurring in the Earth’s fl uid core. 
Consequently theoreticians have had to resort to 
numerical modeling. Initially these simulations were 
severely limited by the computing power available for 
the very large number of numerical integrations 
involved. Large-scale, realistic simulations of the 
dynamo model had to await the advent of the so-called 
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supercomputers in the 1990s. The fi rst results of numer-
ical integrations of full three-dimensional, nonlinear, 
geodynamo models were published in 1995 (e.g. Glatz-
maier & Roberts, 1995). These, and other comparable 
simulations through to 2000, were reviewed by Kono & 
Roberts (2002). The models simulate many of the fea-
tures of the Earth’s fi eld, such as secular variation and 
a dominant axial dipole component, and in some cases 
magnetic reversals. Some of the latter are very similar 
in duration and characteristics to those deduced from 
paleomagnetic studies (Coe et al., 2000).

The rates at which geomagnetic reversals have 
occurred in the geologic past is highly variable (see Figs 
4.4, 4.13). There has been a gradual increase in the rate 
of reversals during the Cenozoic, following a period 
during the Cretaceous when the fi eld was of constant 
normal polarity for 35 Ma. Paleomagnetic studies reveal 
a similar prolonged period of reverse polarity in the Late 
Carboniferous and Permian (McElhinny & McFadden, 
2000). This seems to imply that the geodynamo can exist 

in either of two states: one which generates a fi eld of 
constant polarity for tens of millions of years, and one 
during which the fi eld reverses in polarity at least once 
every million years. This is surprising in that convective 
overturn in the core is thought to be on a timescale of 
hundreds of years. It is diffi cult to imagine processes or 
conditions in the core that could account for two 
different states, which, once attained, persist for tens of 
millions of years. This timescale is characteristic 
of convection in the mantle. Changes in the pattern of 
convection in the mantle could produce changes in the 
physical conditions at the core–mantle boundary on the 
appropriate timescale. Small changes in seismic veloci-
ties in the mantle, revealed by seismic tomography, are 
interpreted in terms of temperature variations associ-
ated with convection, although they could in part be due 
to chemical inhomogeneity (Section 12.8.2). This raises 
the possibility that the heat fl ux at the core–mantle 
boundary is nonuniform, and changes signifi cantly over 
periods of 10–100 Ma. The low viscosity and relatively 

Figure 4.3  Interpretation of a magnetic anomaly profi le across the Juan de Fuca ridge, northeastern Pacifi c Ocean, 
in terms of normal and reversed magnetizations of two-dimensional rectangular blocks of oceanic layer 2. The arrow 
marks the ridge crest (redrawn from Bott, 1967, with permission Blackwell Publishing).



SEA FLOOR SPREADING AND TRANSFORM FAULTS 77

rapid overturn in the outer core will ensure that the 
temperature at the core–mantle boundary is essentially 
uniform. The inferred temperature differences in the 
lower mantle, however, will give rise to a nonuniform 
distribution of heat fl ux at the core–mantle boundary. 
Anomalously cold material near the boundary will 
steepen the temperature gradient and increase the heat 
fl ow, whereas hotter material will decrease the gradient 
and heat fl ow. The new advances in computer simula-
tions of the geodynamo make it possible to explore this 
possibility. The initial results of such computations 
(Glatzmaier et al., 1999) are very interesting and encour-
aging in that different heat fl ow distributions do produce 
signifi cant changes in the reversal frequency and might 
well explain the variations observed in Fig. 4.4.

The results obtained from numerical simulations of 
the geodynamo since the mid 1990s represent remark-
able breakthroughs in our modeling and understanding 
of the possible origin of the Earth’s magnetic fi eld. 
However one has to bear in mind that, although the 
physical formulation of these models is thought to be 
complete, the parameters assumed are not in the range 
appropriate for the Earth. This is because the comput-
ing power available is still not adequate to cope with the 
spatial and temporal resolution that would be required 
in the integrations.

4.1.4 Sea fl oor spreading

In the early 1960s, Dietz (1961) and Hess (1962) had 
proposed that continental drift might be accomplished 
by a process that Dietz termed sea fl oor spreading 
(Section 1.2). It was suggested that new oceanic litho-
sphere is created by the upwelling and partial melting 
of material from the asthenosphere at the ocean ridges. 
As the ocean gradually grows wider with the progres-
sive creation of lithosphere, the continents marginal to 
the ocean are moved apart. The drift between North 
America and Europe, for example, would have been 
accomplished by the gradual growth of the Atlantic 
Ocean over the past 180 Ma. Since the Earth is not 
increasing in surface area by any signifi cant amount 
(Section 12.3), the increase in size of those oceans 
growing by sea fl oor spreading would be balanced by 
the destruction of lithosphere at the same rate in 
another, shrinking, ocean by subduction at deep sea 
trenches situated around its margins.

The driving mechanism of these movements was 
believed to be convection currents in the sub-litho-
spheric mantle (Fig. 1.5). These were thought to form 
cells in which mantle ascended beneath ocean ridges, 
bringing hot material to the surface and giving rise to 
new lithosphere. The fl ow then moved horizontally 
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Figure 4.4  Estimated frequency of geomagnetic reversals over the past 160 Ma (redrawn from Merrill et al., 1996, with 
permission from Academic Press. Copyright Elsevier 1996).
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away from the ridge, driving the lithosphere laterally in 
the same direction by viscous drag on its base, and 
fi nally descended back into the deep mantle at the 
ocean trenches, assisting the subduction of the litho-
sphere. This possible mechanism will be discussed more 
fully in Section 12.7.

4.1.5 The Vine–Matthews 
hypothesis

It is perhaps surprising to note that magnetic maps of 
the oceans showing magnetic lineations (Section 4.2) 
were available for several years before the true signifi -
cance of the lineations was realized. The hypothesis of 
Vine & Matthews (1963) was of elegant simplicity and 
combined the notion of sea fl oor spreading (Section 
4.1.4) with the phenomenon of geomagnetic fi eld rever-
sals (Section 4.1.3).

The Vine–Matthews hypothesis explains the forma-
tion of magnetic lineations in the following way. New 
oceanic crust is created by the solidifi cation of magma 
injected and extruded at the crest of an ocean ridge 
(Fig. 4.5). On further cooling, the temperature passes 
through the Curie point below which ferromagnetic 
behavior becomes possible (Section 3.6.2). The solidi-
fi ed magma then acquires a magnetization with the 
same orientation as the ambient geomagnetic fi eld. The 
process of lithosphere formation is continuous, and 
proceeds symmetrically as previously formed litho-
sphere on either side of the ridge moves aside. But, if 
the geomagnetic fi eld reverses polarity as the new lith-

osphere forms, the crust on either side of the ridge 
would consist of a series of blocks running parallel to 
the crest, which possess remanent magnetizations that 
are either normal or reversed with respect to the geo-
magnetic fi eld. A ridge crest can thus be viewed as a 
twin-headed tape recorder in which the reversal history 
of the Earth’s magnetic fi eld is registered within oceanic 
crust (Vine, 1966).

The intensity of remanent magnetization in oceanic 
basalts is signifi cantly larger than the induced magneti-
zation. Since the shape of a magnetic anomaly is gov-
erned by the orientation of its total magnetization 
vector, that is, the resultant of the remanent and induced 
components, the shapes of magnetic lineations are 
effectively controlled by the primary remanent direc-
tion. Consequently, blocks of normally magnetized 
crust formed at high northern latitudes possess a mag-
netization vector that dips steeply to the north, and the 
vector of reversely magnetized material is inclined 
steeply upwards towards the south. The magnetic 
profi le observed over this portion of crust will be char-
acterized by positive anomalies over normally magne-
tized blocks and negative anomalies over reversely 
magnetized blocks. A similar situation pertains in high 
southern latitudes. Crust magnetized at low latitudes 
also generates positive and negative anomalies in this 
way, but because of the relatively shallow inclination of 
the magnetization vector the anomaly over any particu-
lar block is markedly dipolar, with both positive and 
negative components. This obscures the symmetry of 
the anomaly about the ridge crest, as individual blocks 
are no longer associated with a single positive or nega-
tive anomaly. However, at the magnetic equator, where 

Figure 4.5  Sea fl oor spreading and the generation of magnetic lineations by the Vine-Matthews hypothesis (redrawn 
from Bott, 1982, by permission of Edward Arnold (Publishers) Ltd).
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the fi eld is horizontal, negative anomalies coincide with 
normally magnetized blocks and positive anomalies 
with reversely magnetized blocks, precisely the reverse 
situation to that at high latitudes. In addition, the ampli-
tude of the anomaly decreases from the poles to the 
equator as the geomagnetic fi eld strength, and hence 
the magnitude of the remanence, decreases in this 
direction. Figure 4.6 illustrates how the shape and 
amplitude of the magnetic anomalies over an ocean 
ridge striking east–west vary with latitude.

The orientation of the ridge also affects anomaly 
shape and amplitude, because only that component of 
the magnetization vector lying in the vertical plane 
through the magnetic profi le affects the magnetic 
anomaly. This component is at a maximum when the 
ridge is east-west and the profi le north-south, and at a 
minimum for ridges oriented north-south. The varia-
tion in amplitude and shape of the magnetic anomalies 
with orientation for a ridge of fi xed latitude is shown in 
Fig. 4.7. In general, the amplitude of magnetic anoma-
lies decreases as the latitude decreases and as the strike 
of the ridge progresses from east-west to north-south. 
The symmetry of the anomalies is most apparent for 
ridges at high magnetic latitudes (e.g. greater than 64°, 

which is equivalent to geographic latitudes greater than 
45°), north-south trending ridges at all latitudes and 
east-west trending ridges at the magnetic equator.

4.1.6 Magnetostratigraphy

Once the geomagnetic reversal timescale has been cali-
brated, oceanic magnetic anomalies may be used to 
date oceanic lithosphere. The method has been progres-
sively refi ned so that it is now possible to deduce ages 
back to mid-Jurassic times with an accuracy of a few 
million years.

The Vine–Matthews hypothesis explains the 
sequence of magnetic anomalies away from ocean 
ridges in terms of normal and reversed magnetizations 
of the oceanic crust acquired during polarity reversals 
of the geomagnetic fi eld. Verifi cation of the hypothesis 
was provided by the consistency of the implied reversal 
sequence with that observed independently on land. 
Cox et al. (1967) had measured the remanent magneti-
zation of lavas from a series of land sites. The lavas 
were dated by a newly refi ned potassium-argon 
method, which allowed the construction of a reversal 
timescale back to 4.5 Ma. The timescale could not be 
extended to earlier ages, as the errors involved in K-Ar 
dating become too large. Similarly, polarity events of 
less than 50,000 years duration could not be resolved. 
The timescale to 5 Ma before present, as later refi ned 
by Cande & Kent (1992), is given in Fig. 4.8. In mag-
netostratigraphic terminology, polarity chrons are 

Figure 4.6  Variation of the magnetic anomaly pattern 
with geomagnetic latitude. All profi les are north-south. 
Angles refer to magnetic inclination. No vertical 
exaggeration.

Figure 4.7  Variation of the magnetic anomaly pattern 
with the direction of the profi le at a fi xed latitude. 
Magnetic inclination is 45° in all cases. No vertical 
exaggeration.
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Figure 4.8  Geomagnetic polarity timescale for the Plio-Pleistocene (modifi ed from Cande & Kent, 1992, by permission 
of the American Geophysical Union. Copyright © 1992 American Geophysical Union). Numerical chrons are based on 
the numbered sequence of marine magnetic anomalies.
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defi ned with durations of the order of 106 years. 
Chrons may be dominantly of reversed or normal 
polarity, or contain mixed events.

Further verifi cation of the geomagnetic reversal tim-
escale was provided by paleomagnetic investigations of 
deep sea cores (Opdyke et al., 1966). Unlike lava fl ows, 
these provide a continuous record, and permit accurate 
stratigraphic dating from their microfauna. This method 
is most conveniently applied to cores obtained in high 
magnetic latitudes where the geomagnetic inclination 
is high, because the cores are taken vertically and are 
not oriented azimuthally. Excellent correlation was 
found between these results and those from the lava 
sequences, and confi rmed that at least 11 geomagnetic 
fi eld reversals had occurred over the last 3.5 Ma. Subse-

quent work on other cores extended the reversal history 
back to 20 Ma (Opdyke et al., 1974).

Pitman & Heirtzler (1966) and Vine (1966) used the 
radiometrically dated reversal timescale to compute 
the magnetic profi les that would be expected close 
to the crestal regions of mid-ocean ridges. By varying 
the spreading rate it was possible to obtain very close 
simulations of all observed anomaly sequences (Fig. 
4.9), and consequently to determine the spreading rates. 
A compilation of such rates is shown in Table 4.1. Exten-
sions of this work show that the same sequence of mag-
netic anomalies, resulting from spreading and reversals 
of the Earth’s magnetic fi eld, can be observed over 
many ridge fl anks (e.g. Fig. 4.10). Later work has shown 
that similar linear magnetic anomalies are developed 

51° S

Figure 4.9  Magnetic anomaly profi les and models of several spreading centers in terms of the reversal timescale 
(redrawn from Vine, 1966, Science 154, 1405–15, with permission from the AAAS).



Table 4.1 Spreading rates at mid-ocean ridges (“spreading rate” is defi ned as the accretion rate per ridge fl ank).

Ridge Latitude Observed rate (mm a−1) Predicted rate (mm a−1)

Juan de Fuca 46.0°N 29 †
Gulf of California 23.4°N 25 24.7
Cocos –
 Pacifi c 17.2°N 37 39.4
 Pacifi c  3.1°N 67 65.4
Galapagos  2.3°N 22 22.0
Galapagos  3.3°N 34 34.6
Nazca –
 Pacifi c 12.6°S 75 74.2
Chile Rise 43.4°S 31 30.2
Pacifi c –
 Antarctic 35.6°S 50 49.5
 Antarctic 51.0°S 44 44.6
 Antarctic 65.3°S 26 29.0
North Atlantic 86.5°N  6  5.7
North Atlantic 60.2°N  9.5  9.2
North Atlantic 42.7°N 11.5 11.9
Central Atlantic 35.0°N 10.5 11.0
Central Atlantic 23.0°N 12.5 12.6
Cayman 18.0°N  7.5  5.9
South Atlantic 38.5°S 18 17.6
Antarctic –
 South America 55.3°S 10  9.3
Africa –  
 Antarctic 44.2°S  8  7.4
Northwest Indian Ocean  4.2°N 14 14.6
Northwest Indian Ocean 12.0°S 18.5 17.9
Northwest Indian Ocean 24.5°S 25 24.5
Southeast Indian Ocean 25.8°S 28 28.8
Southeast Indian Ocean 50.0°S 38 37.3
Southeast Indian Ocean 62.4°S 34.5 33.7
Gulf of Aden 12.1°N  8  8.6
Gulf of Aden 14.6°N 12 12.1
Red Sea 18.0°N 10  8.2

Based on data from DeMets et al (1990) and Vine (1966).
† Not available because Farallon plate is omitted from the model.

Figure 4.10  Magnetic anomaly profi le and model over the southern Mid-Atlantic Ridge (redrawn from Heirtzler et al., 
1968, by permission of the American Geophysical Union. Copyright © 1968 American Geophysical Union).
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over oceanic crust dating back to the Jurassic. Although 
there is no oceanic crust older than this, paleomagnetic 
investigations on land have shown that geomagnetic 
reversals have occurred at least back to 2.1 Ga.

That spreading rates have varied with time is apparent 
from an examination of magnetic profi les from different 
oceans. Examples are given in Fig. 4.11 in which the 
spreading rate in the South Atlantic is assumed to be 
constant and the distances to various magnetic anomalies 
from ridge crests in other oceans are plotted against the 
distance to the same anomaly in the South Atlantic. 
Infl ection points in the curves for the other oceans indi-
cate when the spreading rates changed there if the implicit 
assumption that the spreading rate has remained con-
stant in the South Atlantic is correct. However, spreading 
rates may have changed with time in all oceans.

The fi rst long-term geomagnetic timescale was con-
structed by Heirtzler et al. (1968). Again they made the 
assumption that spreading in the South Atlantic had 
remained constant at the same rate as had been 
deduced for the last 4 Ma. A model of normal and 
reversely magnetized blocks was constructed which 
simulated the observed anomaly pattern, and the dis-
tance axis transformed into a geomagnetic timescale of 
reversals extending back in time nearly 80 Ma. Promi-
nent anomalies corresponding to periods of normal 
polarity were numbered from 1 to 32 with increasing 
time (Fig. 4.10).

Leg 3 of the Deep Sea Drilling Program (DSDP), in 
1968, was specifi cally designed to test the hypothesis of 
sea fl oor spreading and the assumption of a constant 

rate of spreading in the South Atlantic (Maxwell et al., 
1970). A series of holes was drilled in the South Atlantic 
along a traverse at right angles to the Mid-Atlantic Ridge 
(Fig. 4.12a). The age of the oceanic crust would ideally 
have been determined by radiometric dating of the layer 
2 basalts that were penetrated in each hole. However the 
basalts were too weathered for this to be possible, and 
so their ages were determined, albeit slightly underesti-
mated, by paleontologic dating of the basal sediments 
of layer 1. In Fig. 4.12b oldest sediment age is plotted 
against distance from the ridge axis, and it is readily 
apparent that there is a remarkable linear relationship, 
with crustal age increasing with distance from the ridge. 
The predicted ages imply a half spreading rate in this 
region of 20 mm a−1, as predicted, and hence agree well 
with the age of the ocean fl oor and the reversal times-
cale proposed by Heirtzler et al. (1968) (Fig. 4.10).

A thorough review of the calibration of this polar-
ity timescale was carried out by Cande & Kent (1992, 
1995). It drew on oceanic magnetic anomaly data, 
magnetostratigraphic studies of sedimentary sequences 
on land and at sea, and radiometric dating of nine 
specifi c stratigraphic horizons. From this they con-
cluded that sea fl oor spreading in the South Atlantic 
had been continuous, with some variation about an 
essentially constant rate, and that it was still appropri-
ate to use the South Atlantic as a standard against 
which the spreading history in the other ocean basins 
could be compared. The revised timescale for the past 
80 Ma suggested by Cande & Kent (1995) is illustrated 
in Fig. 4.13.

Figure 4.11  Relationship between the distance to a given anomaly in the South Atlantic and the distance to the same 
anomaly in the South Indian, North Pacifi c and South Pacifi c Oceans. Numbers on the right refer to magnetic anomaly 
numbers (redrawn from Heirtzler et al., 1968, by permission of the American Geophysical Union. Copyright © 1968 
American Geophysical Union).
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Figure 4.12  (a) Location map of drilling sites on Leg 3 
of the DSDP in the South Atlantic. (b) Relationship 
between greatest sediment age and distance from the 
Mid-Atlantic Ridge crest (after Maxwell et al., 1970, 
Science 168, 1047–59, with permission from the AAAS).

The discovery of Larson & Pitman (1972) of older 
magnetic anomalies in three regions of the western 
Pacifi c allowed the Heirtzler geomagnetic timescale to 
be extended back to 160 Ma. Lineations of similar pattern 
were also found in the Atlantic. The timescale was 
extended by assuming a constant spreading rate in the 
Pacifi c, calibrated by DSDP sites in the Pacifi c and 
Atlantic. The longer periods of reversed polarity in this 
sequence are numbered M0 to M28 (M representing 
Mesozoic). It appears that spreading in the major ocean 
basins has been continuous as all polarity events are 
present, although the rate of spreading has varied.

The version of the reversal timescale to 160 Ma shown 
in Fig. 4.13 combines the timescale of Cande & Kent 
(1995), for the Late Cretaceous and Cenozoic (anomalies 
1–34), with that of Kent & Gradstein (1986) for the Early 
Cretaceous and Late Jurassic (anomalies M0–M28).

4.1.7 Dating the ocean fl oor

The use of the geomagnetic timescale to date the 
oceanic lithosphere is based on the identifi cation of 
characteristic patterns of magnetic anomaly lineations 
and their relation to the dated reversal chronology. 
Particularly conspicuous markers which are widely 
used are anomalies 5, 12–13, 21–26, and 31–32. Also 
of interest is the prolonged period of normal polarity 
in the Cretaceous. This period corresponds to magnetic 
quiet zones within the oceans where there are no 
linear magnetic anomalies. In many instances, however, 
the recognition of particular anomalies is not possible, 
and the usual approach is to construct the anomaly 
pattern expected for relevant parts of the timescale 
and to compare it with the observed sequence.

Once the reversal chronology has been established, 
lineations of known age can be identifi ed on magnetic 
maps and transformed into isochrons so that the sea 
fl oor can be subdivided into age provinces (Scotese 
et al., 1988). Summaries of the isochrons derived from 
the linear oceanic magnetic anomalies are also pro-
vided by Cande et al. (1989) and Müller R.D. et al. 
(1997). (Plate 4.1 between pp. 244 and 245). Lineations 
of the same age on either side of a mid-ocean ridge 
can be fi tted together by employing techniques similar 
to those used for continental margins (Section 3.2.2). 
In this way reconstructions of plate confi gurations can 
be made for different times, and the whole evolution 
of the present day ocean basins determined (Scotese 
et al., 1988). Figure 4.14 shows this method applied 
to the Mesozoic and Cenozoic history of the North 
Atlantic. Examples of areas with more complex 
spreading histories, involving extinct ridges and ridge 
jumps, include the Indian Ocean (Norton & Sclater, 
1979) and the Greenland–Iceland–Scotland region 
(Nunns, 1983). 

4.2 TRANSFORM 
FAULTS

4.2.1 Introduction

The theory of sea fl oor spreading proposes that oceanic 
lithosphere is created at mid-ocean ridges and is 
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Figure 4.13  A geomagnetic polarity timescale for the past 160 Ma together with oceanic magnetic anomaly numbers 
(after McElhinny & McFadden, 2000, with permission from Academic Press. Copyright Elsevier 2000).

balanced by the complementary destruction of oceanic 
lithosphere at subduction zones. While this theory 
neatly explains the geometry of lithospheric behavior 
in two dimensions, a problem arises when the third 
dimension is considered, namely where do ridges and 

trenches terminate horizontally? This problem was 
addressed by Wilson (1965), who proposed that the 
ends of these features were linked by a new class of 
faults which he called transform faults. At these faults 
there is neither creation nor destruction of lithosphere, 
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but rather the motion is strike-slip, with adjacent litho-
sphere in tangential motion.

The existence of large lateral relative movements of 
the lithosphere was fi rst suggested from marine mag-
netic anomalies in the northeastern Pacifi c (Fig. 4.1), 
which were found to be offset along fracture zones. 
Combined left lateral offsets along the Mendocino and 
Pioneer faults amount to 1450 km, while the right 
lateral offset across the Murray Fault is 600 km in the 
west and only 150 km in the east (Vacquier, 1965).

However, in interpreting these fracture zones as 
large scale strike-slip faults, a major problem arises in 
that there is no obvious way in which the faults termi-
nate, as it is certain that they do not circumnavigate the 
Earth to join up with themselves. Wilson (1965) pro-
posed that the faults terminate at the ends of ridges or 
trenches, which they commonly meet at right angles. 

Wilson termed this new class of faults transform faults, 
because the lateral displacement across the fault is taken 
up by transforming it into either the formation of new 
lithosphere at a terminated ocean ridge segment or 
lithosphere subduction at a trench. Figure 4.15 shows 
the plan view of an ocean ridge crest that has been 
displaced by transcurrent and transform faulting. The 
transcurrent, or strike-slip, fault (Fig. 4.16b) causes a 
sinistral offset along a vertical plane which must stretch 
to infi nity beyond the ridge crests. The transform fault 
(Fig. 4.15a), however, is only active between the offset 
ridge crests, and the relative movement of the litho-
sphere on either side of it is dextral. Transform faults 
differ from other types of fault in that they imply, indeed 
derive from, the fact that the area of the faulted medium, 
in this case lithosphere, is not conserved at ridges and 
trenches.

Figure 4.14  Relative positions of Europe and Africa with respect to North America illustrating their separation during 
the Mesozoic and Cenozoic. Ages of reconstruction shown in millions of years (redrawn from Pitman & Talwani, 1972, 
with permission from the Geological Society of America).
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Figure 4.15  Comparison of transform and transcurrent faults.

Figure 4.16  (a) Six possible types of dextral transform fault: (i) ridge to ridge; (ii) ridge to concave arc; (iii) ridge to 
convex arc; (iv) concave arc to concave arc; (v) concave arc to convex arc; (vi) convex arc to convex arc. (b) Appearance 
of the dextral transform faults after a period of time (redrawn from Wilson, 1965, with permission from Nature 207, 
334–47. Copyright © 1965 Macmillan Publishers Ltd).
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Wilson (1965) defi ned six classes of transform fault 
that depend upon the types of nonconservative features 
they join (Fig. 4.16). These may be an ocean ridge, the 
overriding plate at a trench or the underthrusting plate 
at a trench. Figure 4.16a shows the six possible kinds of 
dextral transform fault; a further six based on sinistral 
movement are also possible. Figure 4.16b shows how 
the transform faults would develop with time. Cases (i) 
and (v) will remain unchanged, cases (ii) and (iv) will 
grow, and cases (iii) and (vi) will diminish in length with 
the passage of time.

4.2.2 Ridge–ridge 
transform faults

Sykes (1967) determined focal mechanism solutions for 
earthquakes occurring in the vicinity of the fracture 

zones that offset the Mid-Atlantic Ridge to the left at 
equatorial latitudes (Fig. 4.17). Events along the ridge 
axis are consistent with normal faulting along north–
south planes. Events along the fracture zones are much 
more common and the energy release is about a 
hundred times greater than along the ridge crest. 
Between the offset ridge segments events are of strike-
slip type with one nodal plane consistent with dextral 
transform motion. Events along the fracture zone 
beyond the ridge extremities are rare. These results 
provided striking confi rmation of the transform fault 
concept and further, independent, confi rmation of the 
hypothesis of sea fl oor spreading.

Before the recognition of transform faulting, 
the parallel fracture zones which appear to displace the 
crest of the Mid-Atlantic Ridge in equatorial latitudes 
between Africa and South America were believed to 
represent sinistral transcurrent faults that displaced an 
originally straight crest (Fig. 4.15b). However their 
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Figure 4.17  Epicenters of earthquakes that occurred on the Mid-Atlantic ridge in the equatorial Atlantic between 
1955 and 1965. The arrows beside four of the earthquakes indicate the sense of shear and the strike of the fault plane 
inferred from focal mechanism solutions (modifi ed from Sykes, 1967, by permission of the American Geophysical Union. 
Copyright © 1967 American Geophysical Union).



SEA FLOOR SPREADING AND TRANSFORM FAULTS 89

re-interpretation, as ridge–ridge transform faults (Fig. 
4.15a), implies that the offsets on them do not change 
with time. Thus the geometry, or locus, of the step-like 
ridge crest-transform fault sequence in the equatorial 
Atlantic has remained essentially unchanged through-
out the opening of the South Atlantic. As a result the 
locus parallels the continental shelf edges of South 
America and Africa and refl ects the geometry of the 
original rifting of the Gondwana supercontinent in this 
area.

Wilson (1965) also suggested examples of transform 
faults in the extreme North Atlantic area (Fig. 4.18). In 
early Paleogene times the Mid-Atlantic Ridge bifurcated 
to the south of Greenland. The western branch, which 
is now inactive, passed through Baffi n Bay and termi-
nated against the Wegener Fault, an extinct, sinistral 
ridge–ridge transform fault. The active eastern branch 

passes through Iceland, and terminates southwest of 
Spitsbergen at the De Geer Fault. This dextral ridge-
ridge transform fault connects to the Gakkel Ridge in 
the Arctic Basin. Wilson predicted that this is a very 
slow spreading ridge that is transformed into the Verk-
hoyansk Mountains of Siberia by rotation about a 
fulcrum near the New Siberian Islands (Fig. 4.18 
inset).

4.2.3 Ridge jumps and 
transform fault offsets

The different offsets observed across the Murray Frac-
ture Zone from magnetic lineations (Fig. 4.1) are 
thought to be due to a change in location of the ridge 

Figure 4.18  Northern termination of the Mid-Atlantic Ridge (redrawn from Wilson, 1965, with permission from Nature 
207, 334–47. Copyright © 1965 Macmillan Publishers Ltd).
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crest to the south of the fracture zone about 40 Ma 
ago. The change in offset of anomalies of the same 
age implies a “ridge jump” of approximately 500 km 
to the east (Harrison & Sclater, 1972). Similar but better 
documented ridge jumps, which also greatly reduce 
the offset of crust of the same age on either side of a 
fracture zone, occur in the extreme south of the Atlan-
tic Ocean (Barker, 1979). Here, to the south of the 
Falkland–Agulhas Fracture Zone, the ridge crest has 
jumped westward on three occasions since the opening 
of the South Atlantic, that is at 98, 63 and 59 Ma. In 
so doing it has reduced the original offset of 1400 km 
to approximately 200 km. Other ridge jumps, producing 
major changes in ridge crest geometry within the past 
10 Ma, have occurred to the north of Iceland (Vogt et 
al., 1970) and along the crest of the East Pacifi c Rise 
in the east central Pacifi c (Herron, 1972).

In general, however, ridge jumps are relatively rare, 
as evidenced by the median position of oceanic ridges 
between separated continents. The geometry of ridge 

crest segments and transform faults is more likely to be 
modifi ed, less dramatically, by ridge propagation 
(Section 6.11) and changes in the spreading direction 
(Section 5.9).
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5.1 PLATES AND 
PLATE MARGINS

The combination of the concept of transform faults 
with the hypothesis of sea fl oor spreading led to the 
construction of the theory of plate tectonics. In this 
theory the lithosphere is divided into an interlocking 
network of blocks termed plates. The boundaries of 
plates can take three forms (Isacks et al., 1968).

1 Ocean ridges (accretive or constructive plate 
margins) mark boundaries where plates are 
diverging. Magma and depleted mantle upwell 
between the separating plates, giving rise to 
new oceanic lithosphere. The divergent motion 
of the plates is frequently perpendicular to 
the strike of the boundary, although this is 
not always the case and is not a geometric 
necessity. In the Pacifi c it appears to be an 
intrinsic characteristic of spreading whenever a 
steady direction has been established for some 
time (Menard & Atwater, 1968).

2 Trenches (destructive plate margins) mark 
boundaries where two plates are converging 
by the mechanism of the oceanic lithosphere 
of one of the plates being thrust under the 
other, eventually to become resorbed into the 
sub-lithospheric mantle. Since the Earth is not 
expanding signifi cantly (Section 12.3), the rate 
of lithospheric destruction at trenches must 
be virtually the same as the rate of creation at 
ocean ridges. Also included in this category are 
Himalayan-type orogens caused by the collision 
of two continental plates (Section 10.1), where 
continued compressional deformation may be 
occurring. The direction of motion of the 
underthrusting plate need not be at right angles to 
the trench, that is, oblique subduction can occur.

3 Transform faults (conservative plate margins) 
are marked by tangential motions, in which 
adjacent plates in relative motion undergo 
neither destruction nor construction. The 
relative motion is usually parallel to the fault. 
There are, however, transform faults that 
possess a sinuous trace, and on the bends of 
these faults relatively small regions of extension 
and compression are created (Section 8.2). For 

the time being such structural elements are 
ignored.

Within the basic theory of plate tectonics plates are 
considered to be internally rigid, and to act as extremely 
effi cient stress guides. A stress applied to one margin of 
a plate is transmitted to its opposite margin with no 
deformation of the plate interior. Deformation, then, 
only takes place at plate margins. This behavior is rather 
surprising when it is appreciated that plates are typically 
only about 100 km thick but may be many thousands of 
kilometers in width. When plate behavior is examined 
in more detail, however, it is recognized that there are 
many locations where intra-plate deformation occurs 
(Gordon & Stein, 1992; Gordon, 1998, 2000), especially 
within the continental crust (Section 2.10.5). Zones of 
extension within continental rifts may be many hun-
dreds of kilometers wide (Section 7.3). Continental 
transforms are more complex than oceanic varieties 
(Section 8.1). Orogenic belts are characterized by exten-
sive thrust faulting, movements along large strike-slip 
fault zones, and extensional deformation that occur 
deep within continental interiors (Section 10.4.3). 
Within oceanic areas there also are regions of crustal 
extension and accretion in the backarc basins that are 
located on the landward sides of many destructive plate 
margins (Section 9.10).

Plates are mechanically decoupled from each other, 
although plate margins are in intimate contact. A block 
diagram illustrating schematically the different types of 
plate boundaries is presented in Fig. 5.1.

5.2 DISTRIBUTION OF 
EARTHQUAKES

Plate tectonic theory predicts that the majority of the 
Earth’s tectonic activity takes place at the margins of 
plates. It follows, then, that the location of earthquake 
epicenters can be used to defi ne plate boundaries. 
Figure 5.2 shows the global distribution of the epicen-
ters of large magnitude earthquakes for the period 
1961–67 (Barazangi & Dorman, 1969). Although in 
terms of most geologic processes this represents only a 
very short period of observation, the relatively rapid 
motions experienced by plates generate very large 
numbers of earthquakes over a short interval of time. 
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The signifi cance of 1961, as the start of this time 
window, is that prior to the setting up of the World 
Wide Standardized Seismograph Network in 1961 
(Section 2.1.4), epicentral locations, particularly in 
oceanic areas, were very poorly determined. For a more 
detailed discussion of earthquake distribution see 
Engdahl et al. (1998).

Earthquakes are classifi ed according to their focal 
depths: 0–70 km shallow focus, 70–300 km intermediate 
focus, greater than 300 km deep focus.

An important belt of shallow focus earthquakes 
follows the crest of the ocean ridge system (Fig. 5.2), 
where focal mechanism solutions indicate tensional 
events associated with plate accretion and strike-slip 

Figure 5.1  Block diagram summarizing the principal features of plate tectonics. Arrows on lithosphere represent 
relative motions. Arrows in asthenosphere may represent complementary fl ow in the mantle (redrawn from Isacks et 
al., 1968, by permission of the American Geophysical Union. Copyright © 1968 American Geophysical Union).

Figure 5.2  Worldwide distribution of epicenters of large magnitude earthquakes (mb > 4) for the period 1961–67 
(after Barazangi & Dorman, 1969, with permission from the Seismological Society of America).
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events where the ridges are offset by transform faults 
(Section 4.2.1). On land, shallow focus tensional events 
are also associated with rifts, including the Basin and 
Range Province of the western USA (Section 7.3), the 
East African Rift system (Section 7.2), and the Baikal 
Rift system.

All intermediate and deep events are associated with 
destructive plate margins. The northern, eastern and 
western Pacifi c Ocean is ringed by a belt of earthquakes 
which lie on planes, in places offset by transform faults, 
dipping at an angle of about 45° beneath the neighboring 
plates. These planes of earthquake foci, known as Benioff 
(or Benioff Wadati) zones, are typically associated with 
volcanic activity at the surface. The deepest events 
recorded lie at a depth of about 670 km. Collisional 
mountain belts such as the Alpine-Himalayan chain are 
similarly characterized by intermediate and deep focus 
earthquakes although, since there is no longer a Benioff 
zone present in such regions, the seismic activity occurs 
within a relatively broad belt (Fig. 10.17). Careful exam-
ination of epicenter locations has revealed, however, that 
some of the shallow events lie on arcuate strike-slip fault 
zones associated with the collisional event.

The intra-plate areas are relatively aseismic on this 
timescale, although occasionally large magnitude earth-
quakes do occur. Although insignifi cant in their release 
of seismic energy, intra-plate earthquakes are important 
as they can indicate the nature and direction of stress 
within plates (Section 12.7).

5.3 RELATIVE PLATE 
MOTIONS

The present day motion of plates can now be measured 
using the techniques of space geodesy (Section 5.8). 
However, these techniques were only developed in the 
1980s, and, ideally, measurements are required over a 
period of 10–20 years (Gordon & Stein, 1992). Prior to 
this relative plate motions, averaged over the past few 
million years, were determined using geologic and geo-
physical data.

The motion of plates over the Earth’s surface can 
be described by making use of Euler’s theorem (Section 
3.2.1), which says that the relative motion between two 
plates is uniquely defi ned by an angular separation 
about a pole of relative motion known as an Euler 

pole. The pole and its antipole are the two unique 
points on the surface of the Earth that do not move 
relative to either of the two plates. An important aspect 
of relative plate motion is that the pole of any two 
plates tends to remain fi xed relative to them for long 
periods of time. Plate velocities are similarly constant 
for periods of several million years (Wilson, 1993).

There are three methods by which the pole of 
relative motion for two plates can be determined. The 
fi rst, and most accurate, is based on the fact that for 
true tangential motion to occur during the relative 
movement of two plates, the transform faults along 
their common boundary must follow the traces of 
small circles centered upon the pole of relative motion 
(McKenzie & Parker, 1967; Morgan, 1968). The pole 
of rotation of two plates can thus be determined by 
constructing great circles at right angles to the trends 
to transform faults affecting their common margin and 
noting their point of intersection. The most conve-
nient type of plate margin to which to apply this tech-
nique is the accretive type (Fig. 5.3), as ocean ridges 

Figure 5.3  Determination of the Euler pole for a 
spreading ridge from its offsetting transform faults that 
describe small circles with respect to the pole.
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are frequently offset laterally by transform faults 
(Section 4.2.1). Because of inaccuracies involved in 
mapping oceanic fracture zones, the great circles rarely 
intersect at a single point. Consequently, statistical 
methods are applied which are able to predict a circle 
within which it is most probable that the relative rota-
tion pole lies.

A second method is based on the variation of 
spreading rate with angular distance from the pole of 
rotation. Spreading rates are determined from mag-
netic lineations (Section 4.1.6) by identifying anomalies 
of the same age (usually number 3 or less so that the 
movement represents a geologically instantaneous rota-
tion) on either side of an ocean ridge and measuring 
the distance between them. The velocity of spreading 
is at a maximum at the equator corresponding to the 
Euler pole and thence decreases according to the cosine 
of the Euler pole’s latitude (Fig. 5.4). The determina-
tion of the spreading rate at a number of points along 
the ridge then allows the pole of relative rotation to be 
found.

The fi nal, and least reliable, method of determining 
the directions of relative motion between two plates 
makes use of focal mechanism solutions of earthquakes 
(Section 2.1.6) on their common margins. If the inclina-
tion and direction of slip along the fault plane are 
known, then the horizontal component of the slip 
vector is the direction of relative motion. The data are 
less accurate than the other two methods described 
above because, except in very well determined cases, 
the nodal planes could be drawn in a range of possible 
orientations and the detailed geometry of fault systems 
at plate boundaries is often more complex than implied 
here (Section 8.2 and below).

Divergent plate boundaries can be studied using 
spreading rates and transform faults. Convergent 
boundaries, however, present more of a problem, and 
it is often necessary to use indirect means to determine 
relative velocities. This is possible by making use of 
information from adjoining plates and treating the rota-
tions between plate pairs as vectors (Morgan, 1968). 
Thus, if the relative movements between plates A and 
B and between plates B and C are known, the relative 
movement between plates A and C can be found by 
vector algebra.

This approach can be extended so that relative 
motions can be determined for any number of inter-
locking plates. Indeed, the method can be applied to the 
complete mosaic of plates that make up the Earth’s 
surface, provided that there are suffi cient divergent 

plate margins to be able to compute relative velocities 
at convergent margins.

The fi rst study of this type was undertaken by Le 
Pichon (1968). He made use of globally distributed esti-
mates of relative plate velocities derived from transform 
faults and spreading rates, but not of information 
obtained from focal mechanism solutions. Le Pichon 
used a subdivision of the Earth’s surface based on only 
six large plates: the Eurasian, African, Indo-Australian, 
American, Pacifi c, and Antarctic plates. In spite of this 
simplifi cation his model provided estimates of spread-
ing rates that agreed well with those derived from mag-
netic anomalies (Section 4.1.6).

Subsequently, more detailed analyses of global plate 
motions were performed by Chase (1978), Minster & 
Jordan (1978), and DeMets et al. (1990). These studies 
recognized a number of additional plate boundaries and 
hence additional plates. The latter included the Carib-
bean and Philippine Sea plates, the Arabian plate, the 
Cocos and Nazca plates of the east Central Pacifi c, and 
the small Juan de Fuca plate, east of the Juan de Fuca 
ridge, off western North America (Fig. 5.5). The Amer-
ican plate was divided into two, the North American 
and South American plates, and the Indo-Australian 
plate similarly, into the Indian and Australian plates. 
The new boundaries identifi ed within the American and 

Figure 5.4  Variation of spreading rate with latitudinal 
distance from the Euler pole of rotation.
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Indo-Australian plates are rather indistinct and charac-
terized by diffuse zones of deformation and seismicity 
(Gordon, 2000) (Fig. 5.5). Thus, the analysis of DeMets 
et al. (1990) involved 14 plates. Other plates have been 
recognized, but the relative movement across one or 
more of their boundaries is diffi cult to quantify. Exam-
ples include the Scotia Sea plate, and the diffuse bound-
ary through the African plate, associated with the East 
African Rift system, that divides the African plate into 
the Nubian and Somali plates (Fig. 5.5). The only well-
defi ned plate boundaries invariably omitted from these 
analyses are the spreading ridges in certain backarc 
basins (Section 9.10), for example, those in the east 
Scotia Sea, the east Philippine Sea and the South Fiji 
basin.

These analyses of relative plate motions all used 
large datasets of relative motion vectors derived from 
transform faults, spreading rates and focal mechanism 
solutions; that of DeMets et al. (1990) employing a 
dataset three times larger than those used in the earlier 

models. In all cases so many data were available that the 
problem became over-determined, and in inverting the 
data set to provide the global distribution of plate 
motions, they used a technique whereby the sum of the 
squares of residual motions was minimized. Errors in 
determining spreading rates were generally less than 
3 mm a−1, in transform fault orientation between 3° and 
10°, and in earthquake slip vector direction no more 
than 15°.

Figure 5.5 illustrates the directions and rates of 
spreading and subduction predicted by the model of 
DeMets et al. (1990), at specifi c points on the respective 
plate boundaries. The rates have been corrected for a 
subsequent revision of the geomagnetic reversal times-
cale (DeMets et al., 1994). In Table 4.1, predicted rates 
of spreading, at various points on the mid-ocean ridge 
system, are compared with observed rates derived from 
the magnetic anomalies observed over these ridge 
crests. Along the length of the East Pacifi c Rise accre-
tion rates per ridge fl ank vary from 25 to 75 mm a−1. By 
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Figure 5.5  Map showing the relative motion between the major plates, and regions of diffuse deformation within 
plates (shaded areas). Solid arrowheads indicate plate convergence, with the arrow on the underthrusting plate; open 
arrowheads indicate plate divergence at mid ocean ridges. The length of the arrows represents the amount of plate 
accretion or subduction that would occur if the plates were to maintain their present relative velocities for 25 Ma. Note 
that, because of the Mercator projection, arrows at high latitudes are disproportionately long compared to those at low 
latitudes. AN, Antarctica; AR, Arabia; AU, Australia; CA, Caribbean; CO, Cocos; EU, Eurasia; IN, India; JF, Juan de Fuca; NA, 
North America; NB, Nubia; NZ, Nazca; PA, Pacifi c; PH, Philippine; SA, South America; SC, Scotia Sea; SM, Somalia 
(modifi ed from Gordon, 1995, by permission of the American Geophysical Union. Copyright © 1995 American 
Geophysical Union).
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contrast, subduction rates around the margins of the 
Pacifi c are typically between 60 and 95 mm a−1. Thus the 
oceanic plates of the Pacifi c are steadily reducing in size 
as they are being consumed at subduction zones at a 
higher rate than they are being created at the East 
Pacifi c Rise. By contrast, plates containing parts of the 
Atlantic and Indian oceans are increasing in size. A cor-
ollary of this is that the Mid-Atlantic Ridge and Carls-
berg Ridge of the northwestern Indian Ocean must be 
moving apart. This has important implications for the 
nature of the driving mechanism of plate tectonics dis-
cussed in Chapter 12. Not all ocean ridges spread in a 
direction perpendicular to the strike of their magnetic 
lineations. It may be signifi cant that the major obliqui-
ties of this type are found in the more slowly spreading 
areas, in particular the North Atlantic, Gulf of Aden, 
Red Sea, and southwestern Indian Ocean (Plate 4.1 
between pp. 244 and 245).

In contrast to accretionary plate margins, where the 
spreading boundary is typically perpendicular to the 
direction of relative motion, convergent margins are 
not constrained in this way and the relative motion 
vector typically makes an oblique angle with the plate 
boundary. Extreme examples, with very high obliquity, 
occur at the western end of the Aleutian arc and the 
northern end of the Indonesian arc (Fig. 5.5). In subduc-
tion zones therefore, in addition to the component of 
motion perpendicular to the plate boundary, that pro-
duces underthrusting, there will be a component of 
relative motion parallel to the plate boundary. This 
“trench parallel” component often gives rise to strike-
slip faulting within the overriding plate immediately 
landward of the forearc region. As a consequence, focal 
mechanism solutions, for earthquakes occurring on the 
interface between the two plates beneath the forearc 
region, do not yield the true direction of motion 
between the plates. They tend to underestimate the 
trench parallel component of motion because part of 
this is taken up by the strike-slip faulting (DeMets et al., 
1990). Classic examples of such trench parallel strike-
slip faults include the Philippine Fault, the Median Tec-
tonic Line of southwest Japan (Section 9.9), and the 
Atacama Fault and the Liquiñe–Ofqui Fault (Section 
10.2.3) in Chile.

As indicated in Fig. 5.5, approximately 15% of the 
Earth’s surface is covered by regions of deforming 
lithosphere; for example in the Alpine–Himalayan 
belt, southeast Asia, and western North America. 
Within these areas it is now possible to identify addi-
tional small plates, albeit often with diffuse boundar-

ies, using GPS (Global Positioning System) data 
(Section 5.8). GPS measurements also make it possi-
ble to determine the motion of these plates relative 
to adjacent plates, whereas this is not possible using 
the techniques based on geologic and geophysical 
data described above. Most of the poorly defi ned 
zones of deformation surrounding these plates occur 
within continental lithosphere, refl ecting the profound 
difference between oceanic and continental litho-
sphere and the ways in which they deform (Sections 
2.10, 8.5.1).

5.4 ABSOLUTE 
PLATE MOTIONS

The relative motion between the major plates, averaged 
over the past few million years, can be determined with 
remarkable precision, as described in the preceding 
section. It would be of considerable interest, particu-
larly in relation to the driving mechanism for plate 
motions, if the motion of plates, and indeed plate 
boundaries, across the face of the Earth could also be 
determined. If the motion of any one plate or plate 
boundary across the surface of the Earth is known, then 
the motion of all other plates and plate boundaries can 
be determined because the relative motions are known. 
In general, within the framework of plate tectonics, all 
plates and plate boundaries must move across the face 
of the Earth. If one or more plates and/or plate bound-
aries are stationary, then this is fortuitous. A particular 
point on a plate, or, less likely, on a plate boundary, will 
be stationary if the Euler vector of the motion of that 
plate or plate boundary passes through that point 
(Fig. 5.6).

The absolute motion of plates is much more diffi -
cult to defi ne than the relative motion between plates 
at plate boundaries, not least because the whole solid 
Earth is in a dynamic state. It is generally agreed that 
absolute plate motions should specify the motion of 
the lithosphere relative to the lower mantle as this 
accounts for 70% of the mass of the solid Earth and 
deforms more slowly than the asthenosphere above 
and the outer core below. In theory if the lithosphere 
and asthenosphere were everywhere of the same 
thickness and effective viscosity, there would be no net 
torque on the plates and hence no net rotation of the 
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lithosphere relative to the Earth’s deep interior. If 
plate velocities are specifi ed in the no net rotation 
(NNR) reference frame, the integration of the vector 
product of the velocity and position vectors for the 
whole Earth’s surface will equal zero. By convention, 
space geodesists specify absolute plate motions in 
terms of the NNR criterion (Prawirodirdjo & Bock, 
2004).

An alternative model for the determination of abso-
lute motions utilizes the information provided by vol-
canic hotspots on the Earth’s surface. Wilson (1963) 
suggested that the volcanic ridges and chains of volca-
noes associated with certain major centers of igneous 
activity such as Hawaii, Iceland, Tristan da Cunha in the 
South Atlantic, and Reunion Island in the Indian Ocean, 
might be the result of the passage of the Earth’s crust 
over a hotspot in the mantle beneath. Morgan (1971) 
elaborated on this idea by suggesting that these hot-
spots are located over plumes of hot material rising from 

the lower mantle, and hence provide a fi xed reference 
frame with respect to the lower mantle. This hypothesis 
is considered further in the next section, and in Chapter 
12. The hotspot model is attractive to many geologists 
and geophysicists in that the tracks of hotspots across 
the face of the Earth offer the possibility of determining 
the absolute motion of plates throughout the past 
200 Ma (Morgan, 1981, 1983).

The model of Gripp & Gordon (2002) for the current 
absolute motion of plates, based on the trends and rates 
of propagation of active hotspot tracks, is illustrated in 
Fig. 5.6. It averages plate motions over the past 5.8 Ma, 
approximately twice the length of time over which 
relative velocities are averaged. Two propagation rates 
and 11 segment trends from four plates were used in 
deriving this model.

Several other frames of reference for absolute 
motions have been suggested, but not pursued. One of 
these proposed that the African plate has remained 
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stationary during the past 25 Ma. Following a long 
period of quiescence, in terms of tectonic and volcanic 
activity, large parts of Africa have been subjected to 
uplift and/or igneous activity during the late Cenozoic. 
This was considered to be a result of the plate becom-
ing stationary over hot spots in the upper mantle. 
Another proposal was that the Caribbean plate is likely 
to be stationary as it has subduction zones of opposite 
polarity along its eastern and western margins. Sub-
ducting plates would appear to extend through the 
asthenosphere and would be expected to inhibit lateral 
motion of the overlying plate boundary. Similar rea-
soning led Kaula (1975) to suggest a model in which 
the lateral motion of plate boundaries in general is 
minimized.

5.5 HOTSPOTS

The major part of the Earth’s volcanic activity takes 
place at plate margins. However, a signifi cant fraction 
occurs within the interiors of plates. In oceans the 
intra-plate volcanic activity gives rise to linear island 
and seamount chains such as the Hawaiian–Emperor 
and Line Islands chains in the Pacifi c (Fig. 5.7). More-
over, several of these Pacifi c island chains appear to be 
mutually parallel. Where the volcanic centers in the 
chains are closely spaced, aseismic ridges are con-
structed, such as the Ninety-East Ridge in the Indian 
Ocean, the Greenland–Scotland Ridge in the North 
Atlantic, and the Rio Grande and Walvis ridges in the 
South Atlantic. These island chains and ridges are asso-
ciated with broad crustal swells which currently occupy 
about 10% of the surface of the Earth, making them 
a major cause of uplift of the Earth’s surface (Crough, 
1979).

The island chains are invariably younger than the 
ocean crust on which they stand. The lower parts of 
these volcanic edifi ces are believed to be formed pre-
dominantly of tholeiitic basalt, while the upper parts 
are alkali basalts (Karl et al., 1988) enriched in Na and K 
and, compared to mid-ocean ridge basalts, have higher 
concentrations of Fe, Ti, Ba, Zr, and rare earth ele-
ments (REE) (Bonatti et al., 1977). Their composition is 
compatible with the mixing of juvenile mantle material 
and depleted asthenosphere (Schilling et al., 1976) 
(Section 6.8). They are underlain by a thickened crust 
but thinned lithosphere, and represent a type of anom-

alous feature that will eventually become welded to a 
continental margin as a suspect terrane (Section 
10.6.1).

An example of an oceanic island chain is the 
Hawaiian–Emperor chain in the north-central Pacifi c 
Ocean (Fig. 5.7). This chain is some 6000 km long and 
shows a trend from active volcanoes at Hawaii in the 
southeast to extinct, subsided guyots (fl at-topped sea-
mounts) in the northwest. Dating of the various parts 
of the chain confi rmed this trend, and revealed that 
the change in direction of the chain occurred at 43 Ma 
(Clague & Dalrymple, 1989). The Hawaiian–Emperor 
chain parallels other chains on the Pacifi c Plate, along 
which volcanism has progressed at a similar rate 
(Fig. 5.7).
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As indicated above, a possible explanation of the 
origin of island chains was proposed by Wilson (1963). 
It was suggested that the islands formed as the litho-
sphere passed over a hotspot. These hotspots are now 
thought to originate from mantle plumes rising from 
the lower mantle that thin the overlying lithosphere 
(Section 12.10). The volcanic rocks are then derived 
from pressure-release melting and differentiation within 
the plume. Such plumes represent material of low 
seismic velocity and can be detected by seismic tomog-
raphy (Section 2.1.8; Montelli et al., 2004a). Although 
the mantle plume mechanism has been widely adopted, 
some workers (e.g. Turcotte & Oxburgh, 1978; Pilger, 
1982) have questioned the necessity for mantle hotspots 
and suggest that magmas simply fl ow to the surface 
from the asthenosphere through fractures in the litho-
sphere resulting from intra-plate tensional stresses. This 
mechanism obviates the problem of maintaining a 
mantle heat source for long periods. It does not, 

however, explain why fractures in the same plate should 
trend in the same direction and develop at similar rates 
(Condie, 1982a).

Morgan (1971, 1972a) proposed that mantle plumes 
remain stationary with respect to each other and the 
lower mantle, and are of long duration. If so, the hot-
spots represent a fi xed frame of reference by which abso-
lute motions of plates can be determined (Section 5.4).

Between 40 and 50 present day hotspots have been 
suggested (Fig. 5.8) (Duncan & Richards, 1991; Cour-
tillot et al., 2003). It seems unlikely, however, that all of 
these centers of intra-plate volcanism, or enhanced 
igneous activity at or near ridge crests, are of the same 
type or origin. Many are short-lived, and consequently 
have no tracks refl ecting the motion of the plate on 
which they occur. By contrast, others have persisted for 
tens of millions of years, in some cases over 100 million 
years, and can be traced back to a major episode of 
igneous activity giving rise to fl ood basalts on land or 

Bowie

Cobb

Hawaii Socerro

Marquesas

Samoa

Society
Pitcairn

Easter
San Felix

Juan
Fernandez

Galapagos

Yellowstone

Bermuda

New
England

Cape
Verde

Fernando
Ascension

St Helena
Martin Vas

Tristan

Discovery

Shona Bouvet

Crozet

Marion

Comores

Caroline

Kerguelen

East
Australia

Lord
Howe

Tasman

Balleny

Afar

Canary

Azores

Iceland

Jan Mayen

Reunion‘
Austral

Louisville

Figure 5.8  World-wide distribution of hotspots (modifi ed from Duncan & Richards, 1991, by permission of the 
American Geophysical Union. Copyright © 1991 American Geophysical Union).



THE FRAMEWORK OF PLATE TECTONICS 101

an oceanic plateau under the sea. These remarkable 
episodes of localized enhanced partial melting in the 
mantle punctuate the geologic record and are collec-
tively termed Large Igneous Provinces (LIPs) (Section 
7.4.1). It seems probable therefore that there are at least 
two types of hotspot and that those originating as LIPs 
are the most likely to be a result of plume heads rising 
from deep within the mantle, probably from the thermal 
boundary layer at the core–mantle boundary (Section 
12.10).

Courtillot et al. (2003) proposed fi ve criteria for dis-
tinguishing such primary hotspots (Section 12.10). They 
suggest that, on the basis of existing knowledge, only 
seven present day hotspots satisfy these criteria, although 
ultimately 10–12 may be recognized. The seven are 
Iceland, Tristan da Cunha, Afar, Reunion, Hawaii, Lou-
isville, and Easter (Fig. 5.8). The fi rst four of these hot-
spots are within the “continental hemisphere,” which 
consists of the Indian and Atlantic Oceans and the con-
tinents that surround them. All four were initially LIPs 
characterized by continental fl ood basalts, and associ-

ated with the rifting of continental areas, followed by 
the initiation of sea fl oor spreading (Sections 7.7, 7.8). 
The Parana fl ood basalts of Uruguay and Brazil, and the 
Etendeka igneous province of Namibia, emplaced 
130 Ma ago, were the fi rst expression of the Tristan da 
Cunha hotspot, and precursors of the opening of the 
South Atlantic. The Deccan Traps of western India 
were extruded 65 Ma ago coinciding with the creation 
of a new spreading center in the northwest Indian 
Ocean. This hotspot would appear to be located at the 
present position of Reunion Island (Fig. 5.9). The fi rst 
igneous activity associated with the Iceland hotspot 
would appear to have occurred 60 Ma ago giving rise to 
the North Atlantic igneous province of Greenland and 
northwest Scotland, and heralding the initiation of sea 
fl oor spreading in this area. The Afar hotspot fi rst 
appeared approximately 40 Ma ago with the outpouring 
of fl ood basalts in the Ethiopian highlands, and igneous 
activity in the Yemen, precursors of rifting and spread-
ing in the Red Sea and Gulf of Aden. The remaining 
three primary hotspots of Courtillot et al. (2003) occur 
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within the “oceanic hemisphere,” i.e. the Pacifi c ocean, 
and have produced distinctive traces across the Pacifi c 
plate (Fig. 5.7). The Louisville Ridge originates at the 
Ontong Java Plateau of the western Pacifi c. This formed 
approximately 120 Ma ago and is the largest LIP in 
terms of the volume of mafi c igneous material 
emplaced. The Hawaiian–Emperor seamount chain 
may well have had a similar origin but the earlier part 
of this track has been subducted, the oldest seamounts 
in the chain dating at approximately 80 Ma. The Easter 
Island–Line Islands track originated about 100 Ma ago, 
not as an LIP, but in an area with an unusually high 
density of submarine volcanoes known as the mid-
Pacifi c mountains.

The relative positions of the continents around the 
Atlantic and Indian oceans, for the past 200 Ma, are well 
constrained by the detailed spreading history contained 
within these oceans (Section 4.1.7). If one or more 
hotspot tracks within this Indo-Atlantic hemisphere are 
used to determine the absolute motions of the relevant 
plates in the past, tracks for the remaining hotspots in 
this hemisphere can be predicted. Comparison of the 
observed and predicted tracks provides a test of the 
fi xed hotspots hypothesis, and a measure of the relative 
motion between the hotspots. Such an analysis by 
Müller et al. (1993) suggests that the relative motion 
between hotspots in the Indo-Atlantic reference frame 
is less than 5 mm a−1, i.e. an order of magnitude less than 
average plate velocities. A similar analysis for Pacifi c 
hotspots by Clouard & Bonneville (2001) yields a similar 
result for the Pacifi c reference frame. However, there 
are problems in linking together the two reference 
frames; in other words, in predicting Pacifi c hotspot 
traces using the Indo-Atlantic reference frame or vice-
versa. This is because, for most of the Mesozoic and 
Cenozoic, the oceanic plates of the Pacifi c hemisphere 
are surrounded by outward dipping subduction zones, 
except in the south. This means that in order to deter-
mine the motion of the Pacifi c Ocean plates relative to 
the Indo-Atlantic hemisphere one must have a detailed 
knowledge of the nature and evolution of the plate 
boundaries around and within the Antarctic plate in the 
South Pacifi c area. Unfortunately there are still uncer-
tainties about this, but an analysis based on the model 
of Cande et al. (1999) for the evolution of these bound-
aries suggests that the two reference frames or domains 
are not compatible, despite the compatibility of hotspot 
tracks within each domain (Fig. 5.10). The discrepancy 
is greatest before 40–50 Ma, when the relative motion 
between the two hotspot frames is approximately 

50 mm a−1. Intriguingly, this corresponds with a period 
of major reorganization of global plate motions (Rona 
and Richardson, 1978), the age of the major bend in the 
Hawaiian–Emperor seamount chain, and a period in 
which the rate of true polar wander (Section 5.6) was 
much greater than during the period 10–50 Ma ago, 
when it was virtually at a standstill (Besse & Courtillot, 
2002).

If hotspots remain fi xed, and provide a framework 
for absolute plate motions, then paleomagnetic studies 
should be able to provide a test of their unchanging 
latitude. Paleomagnetic data for the oceanic plates of 
the Pacifi c are sparse, and subject to greater uncertain-
ties than those obtained for continental areas. Neverthe-
less preliminary results (Tarduno & Cottrell, 1997) 
suggest that the Hawaiian hotspot may have migrated 
south through as much as 15–20° of latitude during the 
period 80–43 Ma. Paleomagnetic results obtained from 
Ocean Drilling Program drill core, from which any 
latitudinal change in of the Reunion hotspot could be 
deduced (Vandamme & Courtillot, 1990), suggest that 
this hotspot may have moved northwards through 
approximately 5° of latitude between 65 and 43 Ma. 
These latitudinal shifts are compatible with the discrep-
ancy between the two hotspot reference frames prior to 
43 Ma ago, and support the assumptions regarding 
Cenozoic – late Mesozoic plate boundaries within and 
around the Antarctic plate. These results also imply that 
the major bend in the Hawaiian–Emperor seamount 
chain at approximately 43 Ma does not refl ect a major 
change in the absolute motion of the Pacifi c plate, as 
originally thought, but can be accounted for almost 
entirely by the southward motion of the Hawaiian 
hotspot (Norton, 1995).

Predicted hotspot traces in the Atlantic and Indian 
Ocean (Müller et al., 1993) are shown in Fig. 5.9, super-
imposed on volcanic structures on the sea fl oor and on 
land. The correlation between the two is excellent. For 
example, the Reunion hotspot began beneath western 
India and was responsible for the Deccan Traps fl ood 
basalts: India’s northwards motion was then recorded 
by the Maldive-Chagos Plateau and the Mascarene 
Plateau. The gap between these two features results 
from the passage of the mid-ocean ridge over the hot 
spot approximately 33 Ma ago. The hotspot is currently 
beneath a seamount 150 km west of the volcanically 
active island of Réunion.

It will be noted that Iceland has not been included 
in Fig. 5.9. If one assumes that this hotspot was initi-
ated 60 Ma ago beneath East Greenland then its track 
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implies that its position is not fi xed relative to the 
other major hotspots in the Indo-Atlantic domain. 
However one can use the absolute motions derived 
from the other hotspots (Müller et al., 1993) to predict 
the track of the Iceland hotspot on the assumption 
that it is fi xed in relation to this frame of reference. 
Such an analysis has been conducted by Lawver & 
Müller (1994) with intriguing results (Fig. 5.11). The 
track can be projected back to 130 Ma, at which time 
the hotspot would have been beneath the northern 
margin of Ellesmere Island in the Canadian Arctic. 
Lawver & Müller (1994) suggest that such a track 
might explain the formation of the Mendeleyev and 
Alpha Ridges in the Canadian Basin of the Arctic 
Ocean and the mid-Cretaceous volcanic rocks of Axel 
Heiberg Island and northern Ellesmere Island. At 
60 Ma the hotspot is predicted to have been beneath 
West Greenland where there are volcanics of this age, 
for example on Disko Island. At 40 Ma it would have 
been beneath East Greenland which may explain the 
anomalous post-drift uplift of this area. On this model 
the North Atlantic igneous province, initiated at 

approximately 60 Ma, was a result of rifting of litho-
sphere that had already been thinned by its proximity 
to a hotspot, rather than the arrival of a plume head. 
In contrast to this interpretation, however, there is 
considerable doubt, on the basis of geochemical and 
geophysical data, that the Iceland hotspot is fed by a 
deep mantle plume (Section 12.10). The Iceland 
hotspot is therefore something of an enigma.

5.6 TRUE POLAR 
WANDER

In Section 3.6 it was demonstrated that paleomagnetic 
techniques can be used to construct apparent polar 
wandering paths which track the motions of plates with 
respect to the magnetic north pole and hence, using an 
axial geocentric dipole model, the spin axis of the Earth. 
In Section 5.5 it was suggested that hotspots are nearly 
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stationary in the mantle, and so their trajectories provide 
a record of the motions of plates with respect to the 
mantle. A combination of these two methods can be 
used to test if there has been any relative movement 
between the mantle and the Earth’s spin axis. This phe-
nomenon is known as true polar wander (TPW).

The method employed to investigate TPW is as 
follows. Paleomagnetic pole positions for the past 
200 Ma are compiled for a number of continents that 
are separated by spreading oceans so that their relative 
motions can be reconstructed from magnetic lineation 
data (Section 4.1.7). The pole positions are then cor-
rected for the rotations relative to a single continent 
(usually Africa) experienced as a result of sea fl oor 
spreading since the time for which they apply. In this 
way a composite or global apparent polar wander path 

is obtained. This is then compared with the track of the 
axis of the hotspot reference frame as viewed from the 
fi xed continent. The TPW path is then determined by 
calculating the angular rotation that shifts the global 
mean paleomagnetic pole of a certain age to the north 
pole, and then applying the same rotation to the hotspot 
pole of the same age (Courtillot & Besse, 1987).

The TPW path for the past 200 Ma, obtained by 
Besse & Courtillot (2002), is shown in Fig. 5.12. Their 
analysis utilizes paleomagnetic data from six continents, 
sea fl oor spreading data from the Atlantic and Indian 
Oceans, and the Indo-Atlantic hotspot reference frame 
of Müller et al. (1993) for the past 130 Ma, and of Morgan 
(1983) for the period from 130 to 200 Ma. They conclude 
that as much as 30° of true polar wander has occurred 
in the past 200 Ma, and that the movement of the pole 
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has been episodic. A period of relatively fast TPW, aver-
aging 30 mm a−1, separates periods of quasi-standstill 
between 10 and 50 Ma, and 130 and 160 Ma. During the 
past 5–10 Ma the rate has been high, of the order of 
100 mm a−1. This analysis does not include the oceanic 
plates of the Pacifi c hemisphere. This is because there 
are problems with the quality and quantity of data from 
the Pacifi c, and doubts about the fi xity of the Pacifi c 
hotspots relative to the Indo-Atlantic hotspots (Section 
5.5). Notwithstanding these problems, Besse & Cour-
tillot (2002) carried out an analysis for the Pacifi c plate 
using nine paleomagnetic poles, between 26 and 126 Ma, 
derived from analyses of the pattern of the linear mag-
netic anomalies and the magnetic anomalies developed 
over seamounts (Petronotis & Gordon, 1999). They 
assumed the hotspot kinematic model for the Pacifi c 

plate of Engebretson et al. (1985), and derived a TPW 
path for this period of time that is remarkably similar 
in length and direction to that of the path shown in Fig. 
5.12, but offset from it in a way that is compatible with 
the southward motion of the Hawaiian hotspot dis-
cussed in Section 5.5. This, taken together with the 
similarities between the path shown in Fig. 5.12 and 
those derived in earlier analyses, based on smaller data 
sets (e.g. Livermore et al., 1984; Besse & Courtillot, 
1991; Prevot et al., 2000), suggests a robust result. One 
must bear in mind however that these conclusions are 
only as good as the underlying assumptions: the axial 
dipole nature of the Earth’s magnetic fi eld, and hotspot 
tracks as indicators of the motion of plates with respect 
to the Earth’s deep interior throughout the past 
200 Ma.
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The relative motion between the mantle and the 
rotation axis, as illustrated by the TPW path, may be 
interpreted as a shifting of the whole or part of the 
Earth in response to some form of internal mass 
redistribution that causes a change in the direction 
about which the moment of inertia of the mantle is 
a maximum (Andrews, 1985). For example, Anderson 
(1982) relates TPW to the development of elevations of 
the Earth’s surface resulting from the insulating effect 
of supercontinents that prevents heat loss from the 
underlying mantle. It is possible that only the litho-
sphere or the mantle or both lithosphere and mantle 
together shift during polar wander. It is highly unlikely 
that the lithosphere and mantle are suffi ciently decou-
pled to move independently, and so it appears probable 
that shifting of lithosphere and mantle as a single unit 
takes place during TPW. Indeed, if there is coupling 
between core and mantle, the whole Earth may be 
affected. Andrews’s interpretation of TPW is supported 
by astronomical data which shows that during the 20th 
century the location of the Earth’s rotational axis has 
moved at a rate similar to that computed from paleo-
magnetic and hotspot data, namely about 1° Ma−1. This 
suggests that at least part of the mass redistribution 
takes place in the mantle, as the continents do not move 
this rapidly. Sabadini & Yuen (1989) have shown that 
both viscosity and chemical stratifi cation in the mantle 
are important in determining the rate of polar wander. 
Another mechanism proposed for driving TPW is the 
surface mass redistribution arising from major glacia-
tions and deglaciations (Sabadini et al., 1982). However, 
mantle fl ow is required to explain TPW during periods 
with no evidence of signifi cant continental glaciation, 
and, indeed, may be responsible for the majority of 
TPW. It has also been suggested that TPW is excited by 
the mass redistributions associated with subduction 
zones (Section 12.9) (Spada et al., 1992), mountain build-
ing, and erosion (Vermeersen & Vlaar, 1993).

5.7 CRETACEOUS 
SUPERPLUME

Certain hotspots, as described in Section 5.5, are thought 
to be the surface manifestation of plumes of hot mate-
rial ascending from the deep mantle. These are of mod-

erate size and can be considered to form part of the 
normal mantle convecting system. It has been pro-
posed, however, that at least once during the history of 
the Earth there has been an episode of much more 
intense volcanic activity. The cause has been ascribed to 
a phenomena termed superplumes, large streams of 
overheated material rising buoyantly from the D″ layer 
at the base of the mantle (Section 2.8.6), that derived 
their heat from the core. These spread laterally at the 
base of the lithosphere to affect an area ten times larger 
than more normal plume activity.

Larson (1991a, 1991b, 1995) proposed that a super-
plume was responsible for the widespread volcanic and 
intrusive igneous activity that affected abnormally large 
amounts of ocean fl oor during the mid-Cretaceous. 
One manifestation of this activity was the creation of 
numerous seamounts and ocean plateaux in the western 
Pacifi c (Fig. 7.15) at a rate some fi ve times greater 
during this period than at other times. Similarly there 
were extrusions of thick, areally extensive fl ood basalts 
on the continents, such as the Paraná Basalts of 
Brazil.

Phenomena attributed to the mid-Cretaceous super-
plume episode are illustrated in Fig. 5.13. At 120–125 Ma 
the rate of formation of oceanic crust doubled over a 
period of 5 Ma, decreased within the next 40–50 Ma, and 
returned to previous levels about 80 Ma ago (Fig. 5.13d). 
The additional production of crust required increased 
subduction rates, and it is signifi cant that major batho-
liths of the Andes and the Sierra Nevada were emplaced 
at this time.

Coupled to the increased crust production, and 
caused by the consequent general rise in the level of the 
sea fl oor, was a worldwide increase in sea level to an 
elevation some 250 m higher than at the present day 
(Fig. 5.13b). At high latitudes the surface temperature 
of the Earth increased by about 10°C, as shown by 
oxygen isotope measurements made on benthic fora-
minifera from the North Pacifi c (Fig. 5.13a). This effect 
was probably caused by the release of large amounts of 
carbon dioxide during the volcanic eruptions, which 
created an enhanced “greenhouse” effect (Sections 13.1.1, 
13.1.2). During the superplume episode the rates of 
carbon and carbonate sequestration in organisms 
increased due to the greater area of shallow seas and 
the increased temperature, which caused plankton to 
thrive. This is refl ected in the presence of extensive 
black shale deposits at this time (Force, 1984) and in the 
estimated oil reserves of this period (Tissot, 1979; 
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Fig. 5.13c), which may constitute about 50% of the 
world’s supply. Also of economic signifi cance is the 
placement of a large percentage of the world’s diamond 
supply at this time, probably as a result of the dia-
monds’ having been translated to the surface by the 
rising plumes. During the plume episode the rate of 
geomagnetic reversals (Section 4.1.4) was very low (Fig. 
5.13e), with the fi eld remaining in normal polarity for 
some 35 Ma. This indicates that activity in the core, 
where the geomagnetic fi eld originates (Section 3.6.4), 
was low, perhaps related to the transfer of considerable 
quantities of heat to the mantle.

Acceptance of a mid-Cretaceous superplume episode 
is not universal. For example, Anderson (1994) suggests 
that the phenomena of this period were caused by a 
general reorganization of plates on a global scale associ-
ated with the break-up of Pangea and reorganization of 
the Pacifi c plate. The mantle upwelling in the latter may 
then have been a passive reaction to plates being pulled 
apart by their attached slabs. The episode would thus 
be viewed as a period when mantle ascended passively 
as a result of changing plate motions.

5.8 DIRECT 
MEASUREMENT OF 
RELATIVE PLATE 
MOTIONS

It is now possible to measure the relative motion 
between plates using methods of space geodesy 
(Gordon & Stein, 1992). Before about 1980 the only 
methods available for this type of investigation were the 
standard terrestrial geodetic methods of baseline mea-
surement using optical techniques or laser ranging 
instruments such as the geodolite (Thatcher, 1979). 
These methods are certainly suffi ciently precise to 
measure relative plate motions of a few tens of milli-
meters a year. However, as noted in Section 5.3, in some 
regions the strain between plates is not all dissipated 
across a narrow plate boundary, but may extend into 
the adjacent plates for great distances, particularly in 
continental areas (Fig. 5.5). In order to study these large-
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scale problems it is necessary to be able to measure 
across very large distances to very great accuracy. Ter-
restrial methods are extremely time consuming on land, 
and impossible to use across major oceans. Since 1980, 
however, the measurement of very long baselines using 
extraterrestrial methods has become possible via the 
application of space technology.

Three independent methods of extraterrestrial sur-
veying are available. These are very long baseline inter-
ferometry, satellite laser ranging, and satellite radio 
positioning. The most common and best known 
example of the latter method is the Global Positioning 
System (GPS).

The technique of very long baseline interferometry 
(VLBI) makes use of the radio signals from extraga-
lactic radio sources or quasars (Niell et al., 1979; 
Carter & Robertson, 1986; Clark et al., 1987). The 
signal from a particular quasar is recorded simultane-
ously by two or more radio telescopes at the ends of 
baselines which may be up to 10,000 km long. Because 
of their different locations on the Earth’s surface, the 
signals received at the telescopes are delayed by differ-
ent times, the magnitude of the delays between two 
stations being proportional to the distance between 
them and the direction from which the signals are 
coming. Typically, during a 24-hour experiment, 10–15 
quasars are each observed 5–15 times. This scheme 
provides estimates of baseline length that are accurate 
to about 20 mm (Lyzenga et al., 1986). The usefulness 
of this system has been greatly enhanced by the devel-
opment of mobile radio telescopes that frees the tech-
nique from the necessity of using fi xed observatory 
installations.

The technique of satellite laser ranging (SLR) calcu-
lates the distance to an orbiting artifi cial satellite or a 
refl ector on the Moon by measuring the two-way travel 
time of a pulse of laser light refl ected from the satellite 
(Cohen & Smith, 1985). The travel time is subsequently 
converted to range using the speed of light. If two laser 
systems at different sites simultaneously track the same 
satellite, the relative location of the sites can be com-
puted by using a dynamic model of satellite motion, and 
repeated measurements provide an accuracy of about 
80 mm. Periodic repetition of the observations can then 
be used to observe relative plate motions (Christodou-
lidis et al., 1985).

The technique of satellite radio positioning makes 
use of radio interferometry from the GPS satellites 
(Dixon, 1991). It is a three-dimensional method by 
which the relative positions of instruments at the 

ends of baselines are determined from the signals 
received at the instruments from several satellites. 
The simultaneous observation of multiple satellites 
makes extremely accurate measurements possible 
with small portable receivers. This is now the most 
effi cient and accurate method of establishing geodetic 
control on both local and regional surveys (e.g. Sec-
tions 8.5.2, 10.4.3).

Gordon & Stein (1992) summarized the early deter-
minations of relative plate motions by these methods. 
Generally, plate velocities averaged over a few years 
of observation agree remarkably well with those aver-
aged over millions of years. The methods were fi rst 
applied to the measurement of the rate of movement 
across the San Andreas Fault in California. Smith et 
al. (1985), using SLR, reported that a 900 km baseline 
that crossed the fault at an angle of 25° had been 
shortened at an average rate of 30 mm a−1. Lyzenga 
et al. (1986) have used VLBI to measure the length 
of several baselines in the southwestern USA and have 
found that over a period of 4 years movement on 
the fault was 25 ± 4 mm a−1. These direct measure-
ments of the rate of displacement across the San 
Andreas Fault are lower than the 48–50 mm a−1 pre-
dicted from global models of plate movements (DeMets 
et al., 1990). However, during the period of observa-
tion, no major earthquakes occurred. Over longer 
time intervals, the discrete jumps in fault movement 
associated with the elastic rebound mechanism of 
large earthquakes (Section 2.1.5) would contribute to 
the total displacement and provide a somewhat higher 
fi gure for the average rate of movement. Alternatively, 
motion between the Pacifi c and North American plates 
may be occurring along other major faults located 
adjacent to the San Andreas Fault (Fig. 8.1, Section 
8.5.2).

Tapley et al. (1985), using SLR, measured changes in 
length of four baselines between Australia and the 
North American and Pacifi c plates, and found that the 
rates differ by no more than 3 mm a−1 from average rates 
over the last 2 Ma. Similarly Christodoulidis et al. (1985) 
and Carter & Robertson (1986) measured the relative 
motion between pairs of plates and found a strong 
correlation with the kinematic plate model of Minster 
& Jordan (1978). Herring et al. (1986) made VLBI 
measurements between various telescopes in the USA 
and Europe and determined that the present rate of 
movement across the Atlantic Ocean is 19 ± 10 mm a−1. 
This agrees well with the rate of 23 mm a−1 averaged 
over the past 1 Ma.
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Sella et al. (2002) provided a comprehensive review 
of the determinations of relative plate velocities, using 
the techniques of space geodesy, up to the year 2000. 
Most of the data summarized were obtained by the 
GPS method after 1992, when the system was upgraded 
and the accuracy greatly improved. They presented a 
model for recent relative plate velocities (REVEL-
2000), based on this data, that involves 19 plates. The 
velocities obtained for numerous plate pairs within this 
model were then compared with those predicted 
by the “geologic” model for current plate motions 
(NUVEL-1A) that averages plate velocities over the past 
3 Ma (DeMets et al., 1990, 1994). The velocities for two-
thirds of the plate pairs tested were in very close agree-
ment. An example of the comparison between the two 
models, for the Australian–Antarctica boundary, is 
shown in Fig. 5.14. Some of the exceptions are thought 
to be due to inaccuracies in the NUVEL-1A model, for 
example the motion of the Caribbean plate relative to 
North and South America; others could well be due 

to real changes in relative velocities over the past few 
million years. Examples of the latter include Arabia-
Eurasia and India-Eurasia, which may well refl ect 
long term deceleration associated with continental 
collision.

Most of the space geodetic data points in stable plate 
interiors confi rm the rigidity of plates and hence the 
rigid plate assumption of plate tectonics. Of the major 
plates the only exception to this generalization is the 
Australian plate.

These techniques of direct measurement are clearly 
extremely important in that they provide estimates of 
relative plate movements that are independent of plate 
tectonic models. It is probable that their accuracy will 
continue to improve, and that observations will become 
more widely distributed over the globe. The determina-
tion of intra-plate deformation and its relationship to 
intra-plate stress fi elds, earthquakes, and magmatic 
activity should also become possible. Important new 
fi ndings are anticipated over the next few decades.
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5.9 FINITE PLATE 
MOTIONS

The motions of the plates described in Section 5.3 are 
termed geologically instantaneous as they refer to move-
ments averaged over a very short period of geologic 
time. Such rotations cannot, therefore, provide infor-
mation on the paths followed by the plates in arriving 
at the point at which the instantaneous motion is mea-
sured. Although it is a basic tenet of plate tectonics that 
poles of rotation remain fi xed for long periods of time, 
consideration of the relationships between plates 
forming an interlinked spherical shell reveals that this 
cannot be the case for all plates (McKenzie & Morgan, 
1969).

Consider the three plates on a sphere A, B, and C 
shown in Fig. 5.15a. PBA, PBC, and PAC represent Euler 
poles for pairs of plates that describe their instanta-
neous angular rotation. Let plate A be fi xed. Clearly 
the poles PBA and PAC can remain fi xed with respect to 
the relevant pairs of plates. Thus, for example, any 
transform faults developing along common plate 
margins would follow small circles centered on the 
poles. Consider now the relative movements between 
plates B and C. It is apparent that if A, PBA, and PAC 
remained fi xed, the rotation vector of C relative to B 
(BωC) acts through PBC and is given by the sum of the 

vectors BωA and AωC that act about PBA and PAC, respec-
tively. Thus, PBC lies within the plane of PBA and PAC and 
is fi xed relative to A. Such a point, however, does not 
remain stationary with respect to B and C. Conse-
quently, relative motion between B and C must take 
place about a pole that constantly changes position 
relative to B and C (Fig. 5.15b). Transform faults devel-
oped on the B–C boundary will not then follow simple 
small circle routes.

Even when a moving pole is not a geometric neces-
sity, it is not uncommon for Euler poles to jump to a 
new location (Cox & Hart, 1986). In Fig. 5.16 the pole 
of rotation of plates A and B was initially at P1, and gave 
rise to a transform fault with a small circle of radius 
30°. The new pole location is P2, 60° to the north of P1, 
so that the transform fault is now 90° from P2, that is, 
on the equator of this pole. The occurrence of this pole 
jump is easily recognizable from the abrupt change in 
curvature of the transform fault.

Menard & Atwater (1968) have recognized fi ve dif-
ferent phases of spreading in the northeastern Pacifi c. 
In Fig. 5.17 it is shown that the numerous large frac-
ture zones of this region appear to lie on small circles 
centered on a pole at 79°N, 111°E. If the fracture zone 
patterns are analysed in more detail, however, it can 
be seen that the fracture zones in fact consist of fi ve 
different segments with signifi cantly different orienta-
tions that can be correlated between adjacent fracture 
zones. The apparent gross small circle form of the 
fractures only represents the third phase of movement. 
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Figure 5.15  The three plate problem. PAC, PBC, and PBA refer to instantaneous Euler poles between plates A and C, B and 
C, B and A respectively, and Aw , BwC , and BwA to their relative rotation vectors. In (b) P′BC is the present location of PBC. See 
text for explanation.
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Figure 5.16  (a) Rotation of plates A and B about pole P1 produces arcuate fracture zones with a radius of curvature of 
30°; (b) a jump of the pole of rotation to P2 causes the fracture zones to assume a radius of curvature of 90°. P′1 
represents the positions of pole P1 after rotation about pole P2 (after Cox & Hart, 1986, with permission from Blackwell 
Publishing).

Figure 5.17  Fracture zones in the northeastern Pacifi c showing trends corresponding to fi ve possible spreading 
episodes, each with a new pole of rotation (redrawn from Menard & Atwater, 1968, with permission from Nature 219, 
463–7. Copyright © 1968 Macmillan Publishers Ltd).
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It is thus apparent that in the northeastern Pacifi c sea 
fl oor spreading has taken place about a pole of rota-
tion that was continually changing position by small 
discrete jumps. This progression has been analyzed 
and illustrated in greater detail by Engebretson et al. 
(1985).

Changes in the direction of relative motions of 
plates do not cause large-scale deformation of the plate 
boundaries but rather result in geometric adjustments 
of transform faults and ocean ridge crests. This may be 
a consequence of the lithosphere being thin at accretive 
margins and consequently of smaller mechanical 
strength (Le Pichon et al., 1973). That the adjustments 
are only minor, however, is appreciated from continen-
tal reconstructions such as shown in Fig. 5.18, where 
the earthquake foci associated with present day activity 
are superimposed on the pre-drift reconstruction. The 
coincidence of shape of the initial rift and modern plate 
margins indicates that there has been little post-drift 
modifi cation of the latter.

The past relative positions of plates can be deter-
mined by the fi tting of lineaments that are known to 
have been juxtaposed originally. One approach is to fi t 
former plate margins. Fossil accretive margins are 
usually readily identifi ed from their symmetric mag-
netic lineations (Section 4.1.7), and fossil transform 

faults from the offsets they cause of the lineations. 
Ancient transform faults on continents are more diffi -
cult to identify, as their direction may be largely con-
trolled by the pre-existing crustal geology. Their trace, 
however, normally approximately follows a small circle 
route, with any deviations from this marked by charac-
teristic tectonic activity (Section 8.2). Ancient destruc-
tive margins can be recognized from their linear belts 
of calc-alkaline magmatism, granitic batholiths, paired 
metamorphic belts, and, possibly, ophiolite bodies 
(Sections 9.8, 9.9).

The features most commonly used for determining 
earlier continental confi gurations are continental 
margins and oceanic magnetic anomalies. The former 
are obviously used to study the form of pre-drift super-
continents (Section 3.2.2). Because magnetic anomalies 
can be reliably dated (Section 4.1.6), and individual 
anomalies identifi ed on either side of their parental 
spreading ridge, the locus of any particular anomaly 
represents an isochron. Fitting together pairs of iso-
chrons then allows reconstructions to be made of plates 
at any time during the history of their drift (Section 
4.1.7). With the additional information provided by the 
orientation of fracture zones, instantaneous rates and 
poles of spreading can be determined for any time 
during the past 160 Ma or so; the period for which the 

Fig: 5.18  Earthquake epicenters superimposed on a reconstruction of Australia and Antarctica (redrawn from 
McKenzie & Sclater, 1971, with permission from Blackwell Publishing).
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necessary information, from oceanic magnetic anoma-
lies and fracture zones, is available.

5.10 STABILITY OF 
TRIPLE JUNCTIONS

The stability of the boundaries between plates is depen-
dent upon their relative velocity vectors. If a boundary 
is unstable it will exist only instantaneously and will 
immediately devolve into a stable confi guration.

Figure 5.19a shows an unstable boundary between 
two plates where plate X is underthrusting plate Y at bc 
in a northeasterly direction and plate Y is underthrust-
ing plate X at ab in a southwesterly direction. The 
boundary is unstable because a trench can only consume 
in one direction, so to accommodate these movements 
a dextral transform fault develops at b (Fig. 5.19b). This 
sequence of events may have occurred in the develop-

ment of the Alpine Fault of New Zealand (Fig. 5.19c), 
which is a dextral transform fault linking the Tonga-
Kermadec Trench, beneath which Pacifi c lithosphere is 
underthrusting in a southwesterly direction, to a trench 
to the south of New Zealand where the Tasman Sea is 
being consumed in a northeasterly direction (McKenzie 
& Morgan, 1969).

A more complex and potentially unstable situation 
arises when three plates come into contact at a triple 
junction. Quadruple junctions are always unstable, and 
immediately devolve into a pair of stable triple junctions, 
as will be shown later.

The Earth’s surface is covered by more than two 
plates, therefore there must be points at which three 
plates come together to form triple junctions. In a 
similar fashion to a boundary between two plates, the 
stability of triple junctions depends upon the relative 
directions of the velocity vectors of the plates in 
contact. Figure 5.20 shows a triple junction between a 
ridge (R), trench (T), and transform fault (F). From this 
fi gure it can be appreciated that, in order to be stable, 
the triple junction must be capable of migrating up or 

Figure 5.19  (a,b) Evolution of a trench. (c) Alpine Fault of New Zealand (redrawn from McKenzie & Morgan, 1969, with 
permission from Nature 224, 125–33. Copyright © 1969 Macmillan Publishers Ltd).
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down the three boundaries between pairs of plates. 
It is easier to visualize the conditions for stability of 
the triple junction if each boundary is fi rst considered 
individually.

Figure 5.21a shows the trench, at which plate A is 
underthrusting plate B in a northeasterly direction. 
Figure 5.21b shows the relative movement between A 
and B in velocity space (Cox & Hart, 1986), that is, on a 
fi gure in which the velocity of any single point is repre-
sented by its north and east components, and lines 
joining two points represent velocity vectors. Thus, the 
direction of line AB represents the direction of relative 
movement between A and B, and its length is propor-
tional to the magnitude of their relative velocity. Line ab 
must represent the locus of a point that travels up and 
down the trench. This line, then, is the locus of a stable 

Figure 5.20  Ridge (R)–trench (T)–transform fault (F)–triple junction between plates, A, B, and C.

Figure 5.21  (a) Trench (T) between plates A and B; (b) its representation in velocity space with the velocity line ab 
corresponding to its related triple junction.

triple junction. B must lie on ab because there is no 
motion of the overriding plate B with respect to the 
trench.

Now consider the transform boundary (Fig. 5.22a) 
between plates B and C, and its representation in veloc-
ity space (Fig. 5.22b). Again, line BC represents the 
relative velocity vector between the plates, but the locus 
of a point traveling up and down the fault, bc, is now 
in the same sense as vector BC, because the relative 
motion direction of B and C is along their boundary.

Finally, consider the ridge separating two plates A 
and C (Fig. 5.23a), and its representation in velocity 
space (Fig. 5.23b). The relative velocity vector AC is 
now orthogonal to the plate margin, and so the line ac 
now represents the locus of a point traveling along the 
ridge. The ridge crest must pass through the midpoint 
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Figure 5.22  (a) Transform fault (F) between plates B and C; (b) its representation in velocity space with the velocity 
line bc corresponding to its related triple junction.

Figure 5.23  (a) Ridge (R) between plates A and C; (b) its representation in velocity space with the velocity line ac 
corresponding to its related triple junction.

of velocity vector CA if the accretion process is sym-
metric with plates A and C each moving at half the rate 
of accretion.

By combining the velocity space representations 
(Fig. 5.24), the stability of the triple junction can be 
determined from the relative positions of the velocity 
lines representing the boundaries. If they intersect at 
one point, it implies that a stable triple junction exists 
because that point has the property of being able to 
travel up and down all three plate margins. In the case 
of the RTF triple junction, it can be appreciated that a 
stable triple junction exists only if velocity line ac passes 
through B, or if ab is the same as bc, that is, the trench 
and transform fault have the same trend, as shown here. 
If the velocity lines do not all intersect at a single point 
the triple junction is unstable. The more general case 

of an RTF triple junction, which is unstable, is shown 
in Fig. 5.25.

Figure 5.26 illustrates how an unstable triple junc-
tion can evolve into a stable system, and how this evo-
lution can produce a change in direction of motion. 
The TTT triple junction shown in Fig. 5.26a is unstable, 
as the velocity lines representing the trenches do not 
intersect at a single point (Fig. 5.26b). In time the 
system evolves into a stable confi guration (Fig. 5.26c) 
in which the new triple junction moves northwards 
along trench AB. The dashed lines show where plates 
B and C would have been if they had not been sub-
ducted. The point X (Fig. 5.26a,c) undergoes an abrupt 
change in relative motion as the triple junction passes. 
This apparent change in underthrusting direction can 
be distinguished from a global change as it occurs at 
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Figure 5.24  Velocity space representation of the plate system shown in Fig. 5.20. Velocity lines ab, bc, and ac intersect 
at the single point J, which thus represents a stable triple junction.

Figure 5.25  (a) Ridge (R)–trench (T)–transform fault (F) triple junction between plates A, B, and C. (b) Its 
representation in velocity space. As the velocity lines ab, bc, and ac do not intersect at a single point, the triple junction 
must be unstable.

different times and locations along the plate boundary. 
In order to be stable, the plate confi guration shown in 
Fig. 5.26a must be as in Fig. 5.26d. When plotted in 
velocity space (Fig. 5.26e) the velocity lines then inter-
sect at a single point.

McKenzie & Morgan (1969) have determined the 
geometry and stability of the 16 possible combina-

tions of trench, ridge, and transform fault (Fig. 5.27), 
taking into account the two possible polarities of 
trenches, but not transform faults. Of these, only the 
RRR triple junction is stable for any orientation of the 
ridges. This comes about because the associated veloc-
ity lines are the perpendicular bisectors of the triangle 
of velocity vectors, and these always intersect at a 

116
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Figure 5.26  (a) Triple junction between three trenches separating plates A, B, and C. (b) Its representation in velocity 
space, illustrating its instability. (c) The positions plates B and C would have reached if they had not been consumed are 
shown as dashed lines. (d) Stable confi guration of a trench–trench–trench triple junction. (e) Its representation in 
velocity space. ((a) and (c) redrawn from McKenzie & Morgan, 1969, with permission from Nature 224, 125–33. 
Copyright © 1969 Macmillan Publishers Ltd).
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Figure 5.28  Evolution of the San Andreas Fault (redrawn from Cox & Hart, 1986, with permission from Blackwell 
Publishing).
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single point (the circumcenter of the triangle). The 
FFF triple junction is never stable, as the velocity lines 
coincide with the vector triangle, and, of course, the 
sides of a triangle never meet in a single point. The 
other possible triple junctions are only stable for 
certain particular orientations of the juxtaposed plate 
margins.

5.11 PRESENT DAY 
TRIPLE JUNCTIONS

Only six types of triple junction are present during the 
current phase of plate tectonics. These are RRR (e.g. 
the junction of East Pacifi c Rise and Galapagos Rift 
Zone), TTT (central Japan), TTF (junction of Peru–
Chile Trench and West Chile Rise), FFR (possibly at 
the junction of Owen Fracture Zone and Carlsberg 
ridge), FFT (junction of San Andreas Fault and Men-
docino Fracture Zone), and RTF (mouth of Gulf of 
California).

The evolution of the San Andreas Fault illustrates 
the importance of the role of triple junctions. In Oli-
gocene times (Fig. 5.28a), the East Pacifi c Rise sepa-
rated the Pacifi c and Farallon plates. The transform 
faults associated with this ridge have been simplifi ed, 

and only the Mendocino and Murray fracture zones are 
shown. The Farallon Plate was being underthrust 
beneath the North American Plate, and, since the rate 
of consumption exceeded the rate of spreading at the 
East Pacifi c Rise, the ridge system moved towards the 
trench. The fi rst point of the ridge to meet the trench 
was the eastern extremity of the Mendocino Fracture 
Zone. A quadruple junction existed momentarily at 
about 28 Ma, but this devolved immediately into two 
triple junctions (Fig. 5.28b). The more northerly was of 
FFT type, the more southerly of RTF type, and both 
were stable (insets on Fig. 5.28b). Because of the geom-
etry of the system the northern triple junction moved 
north along the trench and the southern triple junction 
moved south. Thus the dextral San Andreas Fault 
formed in response to the migration of these triple 
junctions. The southerly migration of the southern 
triple junction ceased as the eastern extremity of the 
Murray Fracture Zone reached the trench (Fig. 5.28c). 
The triple junction changed to FFT type and began to 
move northwards. The Farallon Plate continued to be 
subducted to the north and south of the San Andreas 
Fault, until the geometry changed back to that shown 
in Fig. 5.28b when the East Pacifi c Rise to the south of 
the Murray Fracture Zone reached the trench. The 
triple junction then reverted to RTF type and changed 
to a southerly motion along the trench. This represents 
the situation at the present day at the mouth of the 
Gulf of California.



6 Ocean ridges
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6.1 OCEAN RIDGE 
TOPOGRAPHY

Ocean ridges mark accretive, or constructive plate 
margins where new oceanic lithosphere is created. They 
represent the longest, linear uplifted features of the 
Earth’s surface, and can be traced by a belt of shallow 
focus earthquakes that follows the crestal regions and 
transform faults between offset ridge crests (Fig. 5.2). 
The total length of the spreading margins on mid-ocean 
ridges is approximately 55,000 km. The total length of 
the active ridge–ridge transform faults is in excess of 
30,000 km. The topographic expression of mid-ocean 
ridges is typically between 1000 and 4000 km in width. 
Their crests are commonly 2–3 km higher than neigh-
boring ocean basins, and locally the topography can be 
quite rugged and runs parallel to the crests.

The gross morphology of ridges appears to be con-
trolled by separation rate (Macdonald, 1982). Spreading 
rates at different points around the mid-ocean ridge 
system vary widely. In the Eurasian basin of the Arctic 
Ocean, and along the Southwest Indian Ocean Ridge, 
the full spreading rate (the accretion rate) is less than 
20 mm a−1. On the East Pacifi c Rise, between the Nazca 
and Pacifi c plates, the accretion rate ranges up to 
150 mm a−1. It is not surprising therefore that many of 
the essential characteristics of the ridges, such as topog-
raphy, structure, and rock types, vary as a function of 
spreading rate. Very early on it was recognized that the 

gross topography of the East Pacifi c Rise, which is rela-
tively smooth, even in the crestal region, contrasts with 
the rugged topography of the Mid-Atlantic Ridge, 
which typically has a median rift valley at its crest. This 
can now be seen to correlate with the systematically 
different spreading rates on the two ridges (Fig. 5.5), 
that is, fast and slow respectively. These two types of 
ridge crest are illustrated in Fig. 6.1, which is based on 
detailed bathymetric data obtained using deeply towed 
instrument packages. In each case, the axis of spreading 
is marked by a narrow zone of volcanic activity that is 
fl anked by zones of fi ssuring. Away from this volcanic 
zone, the topography is controlled by vertical tectonics 
on normal faults. Beyond distances of 10–25 km from 
the axis, the lithosphere becomes stable and rigid. These 
stable regions bound the area where oceanic lithosphere 
is generated – an area known as the “crestal accretion 
zone” or “plate boundary zone”.

The fault scarps on fast-spreading ridges are tens of 
meters in height, and an axial topographic high, up to 
400 m in height and 1–2 km in width, commonly is 
present. Within this high a small linear depression, or 
graben, less than 100 m wide and up to 10 m deep is 
sometimes developed (Carbotte & Macdonald, 1994). 
The axial high may be continuous along the ridge crest 
for tens or even hundreds of kilometers. On slow-
spreading ridges the median rift valley is typically 30–
50 km wide and 500–2500 m deep, with an inner valley 
fl oor, up to 12 km in width, bounded by normal fault 
scarps approximately 100 m in height. Again there is 
often an axial topographic high, 1–5 km in width, with 
hundred of meters of relief, but extending for only tens 

Fig. 6.1  Bathymetric profi les of ocean ridges at fast and slow spreading rates. EPR, East Pacifi c Rise; MAR, Mid-Atlantic 
Ridge. Neovolcanic zone bracketed by Vs, zone of fi ssuring by Fs, extent of active faulting by Ps (redrawn with 
permission from MacDonald, 1982, Annual Review of Earth and Planetary Sciences 10. Copyright © 1982 by Annual 
Reviews).

P

P
P

PF FV V

F

VE ~ 4 x
Axis

Slow
(MAR 37° N)

Fast
(EPR 3° S)

20

(a)

(b)

20 3010 100
km

FV V



OCEAN RIDGES 123

of kilometers along the axis. At fast rates of spreading 
the high may arise from the buoyancy of hot rock at 
shallow depth, but on slowly spreading ridges it is 
clearly formed by the coalescence of small volcanoes 
1–2 km in width, and hence is known as an axial volcanic 
ridge (Smith & Cann, 1993).

A detailed study of a median rift valley was made in 
the Atlantic Ocean between latitudes 36°30′ and 37°N, 
a region known as the FAMOUS (Franco-American 
Mid-Ocean Undersea Study) area, using both surface 
craft and submersibles (Ballard & van Andel, 1977). The 
median rift in this area is some 30 km wide, bounded by 
fl anks about 1300 m deep, and reaches depths between 
2500 and 2800 m. In some areas the inner rift valley is 
1–4 km wide and fl anked by a series of fault-controlled 
terraces (Fig. 6.2). Elsewhere, however, the inner fl oor 
is wider with very narrow or no terraces developed. 
The normal faults that control the terracing and walls 
of the inner rift are probably the locations where crustal 
blocks are progressively raised, eventually to become 
the walls of the rift and thence ocean fl oor, as they are 
carried laterally away from the rift by sea fl oor spread-
ing. Karson et al. (1987) described investigations of the 
Mid-Atlantic Ridge at 24°N using a submersible, deep-
towed camera and side-scan sonar. Along a portion of 
the ridge some 80 km long they found considerable 
changes in the morphology, tectonic activity, and volca-
nism of the median valley. By incorporating data 
supplied by investigations of the Mid-Atlantic Ridge 
elsewhere, they concluded that the development of the 
style of the median valley may be a cyclic process 
between phases of tectonic extension and volcanic 
construction.

Bicknell et al. (1988) reported on a detailed survey of 
the East Pacifi c Rise at 19°30′S. They found that faulting 
is more prevalent than on slow-spreading ridges, and 
conclude that faulting accounts for the vast majority of 

the relief. They observed both inward and outward 
facing fault scarps that give rise to a horst and graben 
topography. This differs from slower spreading ridges, 
where the topography is formed by back-tilted, inward-
facing normal faults. Active faulting is confi ned to the 
region within 8 km of the ridge axis, and is asymmetric 
with the greater intensity on the eastern fl ank. The half 
extension rate due to the faulting is 4.1 mm a−1, com-
pared to 1.6 mm a−1 observed on the Mid-Atlantic Ridge 
in the FAMOUS area.

Historically, for logistical reasons, the slowest spread-
ing ridges, the Southwest Indian Ocean Ridge and the 
Gakkel Ridge of the Arctic Ocean, were the last to be 
studied in detail. In the Arctic the year-round ice cover 
necessitated the use of two research icebreakers (Michael 
et al., 2003). The results of these studies led Dick et al. 
(2003) to suggest that there are three types of ridge as a 
function of spreading rate: fast, slow, and ultraslow (Fig. 
6.3). Although the topography of the ultraslow Gakkel 
Ridge is analogous to that of slow-spreading ridges, 
typically with a well-developed median rift, the distinc-
tive crustal thickness (Fig. 6.3), the lack of transform 
faults, and the petrology of this ridge set it apart as a 
separate class. Note that there are two additional catego-
ries of ridge with spreading rates between those of fast 
and slow, and slow and ultraslow, termed intermediate 
and very slow respectively. Intermediate spreading rate 
ridges may exhibit the characteristics of slow or fast-
spreading ridges, and tend to alternate between the two 
with time. Similarly, a very slow-spreading ridge may 
exhibit the characteristics of a slow or ultraslow ridge. 
It is interesting to note that at the present day the East 
Pacifi c Rise is the only example of a fast-spreading ridge 
and the Gakkel Ridge of the Arctic is the only ultraslow-
spreading ridge. Differences between the crustal struc-
ture and petrology of fast, slow and ultraslow ridges are 
discussed in Sections 6.6–6.9.

Fig. 6.2  Diagrammatic cross-section of the inner rift valley of the Mid-Atlantic Ridge at 36°50′N in the FAMOUS area 
(redrawn from Ballard & van Andel, 1977, with permission from the Geological Society of America).
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Fig. 6.3  (a) Axial relief and (b) seismic crustal thickness as a function of full spreading rate at mid-ocean ridge crests. 
A ridge classifi cation scheme is shown by the heavy black straight lines which indicate the spreading rate ranges for 
ultraslow, slow, fast and two intermediate classes (modifi ed from Dick et al., 2003, with permission from Nature 426, 
405–12. Copyright © 2003 Macmillan Publishers Ltd).
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Fig. 6.4  Heat fl ow, free air gravity anomaly and crustal structure defi ned by seismic refraction across the East Pacifi c 
Rise at 15–17°S. P wave velocities in km s−1 (redrawn from Talwani et al., 1965, by permission of the American 
Geophysical Union. Copyright © 1965 American Geophysical Union).

6.2 BROAD 
STRUCTURE OF THE 
UPPER MANTLE 
BELOW RIDGES

Gravity measurements have shown that free air anoma-
lies are broadly zero over ridges (Figs 6.4, 6.5), indicat-
ing that they are in a state of isostatic equilibrium 
(Section 2.11.6), although small-scale topographic fea-
tures are uncompensated and cause positive and nega-
tive free air anomalies. The small, long wavelength, 
positive and negative free air anomalies over the crests 
and fl anks, respectively, of ridges are a consequence of 
the compensation, with the positives being caused by 
the greater elevation of the ridge and the negatives 
from the compensating mass defi ciency. The gravita-
tional effects of the compensation dominate the gravity 
fi eld away from the ridge crest, and indicate that the 
compensation is deep.

Seismic refraction experiments by Talwani et al. 
(1965) over the East Pacifi c Rise showed that the crust 

is slightly thinner than encountered in the main ocean 
basins, and that the upper mantle velocity beneath the 
crestal region is anomalously low (Fig. 6.4). Oceanic 
layer 1 rocks (Section 2.4.5) are only present within 
topographic depressions, but layers 2 and 3 appear to 
be continuous across the ridge except for a narrow 
region at the crest. A similar structure has been 
determined for the Mid-Atlantic Ridge (Fig. 6.5). The 
suggestion of this latter work that layer 3 is not con-
tinuous across the ridge was subsequently disproved 
(Whitmarsh, 1975; Fowler, 1976).

As the crust does not thicken beneath ridges, iso-
static compensation must occur within the upper 
mantle by a Pratt-type mechanism (Section 2.11.3). 
Talwani et al. (1965) proposed that the anomalously low 
upper mantle velocities detected beneath ridges corre-
spond to the tops of regions of low density. The densi-
ties were determined by making use of the Nafe–Drake 
relationship between P wave velocity and density (Nafe 
& Drake, 1963), and a series of models produced that 
satisfi ed both the seismic and gravity data. One of these 
is shown in Fig. 6.6, and indicates the presence beneath 
the ridge of a body with a density contrast of 
−0.25 Mg m−3 extending to a depth of some 30 km. This 
large density contrast is diffi cult to explain geologically. 
An alternative interpretation, constructed by Keen & 
Tramontini (1970), is shown in Fig. 6.7. A much lower, 



126 CHAPTER 6

mantle, respectively, with the anomalous mass extend-
ing to a depth of 100 km, would be more in accord with 
geologic and geophysical data. Indeed, seismic tomog-
raphy (Section 2.1.8) suggests that the low velocity 
region beneath ocean ridges extends to a depth of 
100 km (Anderson et al., 1992).

Given the ambiguity inherent in gravity modeling, 
the two interpretations shown probably represent end 

Fig. 6.6  Possible model of the structure beneath the Mid-Atlantic Ridge from gravity modeling with seismic refraction 
control. Densities in Mg m−3 (redrawn from Talwani et al., 1965, by permission of the American Geophysical Union. 
Copyright © 1965 American Geophysical Union).

more realistic density contrast of −0.04 Mg m−3 is 
employed, and the anomalous body is considerably 
larger, extending to a depth of 200 km. However, this 
model can also be criticized in that the densities 
employed are rather too high, and provide too low a 
density contrast, and the depth to the base of the anom-
alous mass is too great. A model that employs densities 
of 3.35 and 3.28 Mg m−3 for normal and anomalous 

Fig. 6.5  Gravity anomalies and crustal structure defi ned by seismic refraction across the Mid-Atlantic Ridge at about 
31°N. Bouguer anomaly reduction density 2.60 Mg m−3, P wave velocities in km s−1 (redrawn from Talwani et al., 1965, 
by permission of the American Geophysical Union. Copyright © 1965 American Geophysical Union).
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members of a suite of possible interpretations. They 
demonstrate without ambiguity, however, that ridges 
are underlain by large, low-density bodies in the upper 
mantle whose upper surfaces slope away from the ridge 
crests.

6.3 ORIGIN OF 
ANOMALOUS UPPER 
MANTLE BENEATH 
RIDGES

There are three possible sources of the low-density 
regions which underlie ocean ridges and support them 
isostatically (Bott, 1982): (i) thermal expansion of upper 
mantle material beneath the ridge crests, followed by 
contraction as sea fl oor spreading carries it laterally 
away from the source of heat, (ii) the presence of 
molten material within the anomalous mantle, 

Fig. 6.7  Alternative model of the structure beneath the 
Mid-Atlantic Ridge from gravity modeling. Profi le at 
46°N. Densities in Mg m−3 (redrawn from Keen & 
Tramontini, 1970, with permission from Blackwell 
Publishing).

(iii) a temperature-dependent phase change. The high 
temperatures beneath ocean ridge crests might cause a 
transition to a mineralogy of lower density.

Suppose the average temperature to a depth of 
100 km below the Moho is 500°C greater at the ridge 
crest than beneath the fl anking regions, the average 
density to this depth is 3.3 Mg m−3 and the volume 
coeffi cient of thermal expansion is 3 × 10−5 per degree. 
In this case the average mantle density to a depth of 
100 km would be 0.05 Mg m−3 less than that of the 
fl anking ocean basins. If isostatic equilibrium were 
attained, this low-density region would support a 
ridge elevated 2.2 km above the fl anking areas. If the 
degree of partial melting were 1%, the consequent 
decrease in density would be about 0.006 Mg m−3. 
Extended over a depth range of 100 km this density 
contrast would support a relative ridge elevation of 
0.25 km. The aluminous minerals within the upper 
mantle that might transform to a lower density phase 
are also the minerals that enter the melt that forms 
beneath the ridge crest. They are absent therefore in 
the bulk of the mantle volume under consideration, 
which consists of depleted mantle; mantle from which 
the lowest melting point fraction has been removed. 
It is unlikely then that a phase change contributes 
signifi cantly to the uplift.

Partial melting of the upper mantle clearly is a 
reality because of the magmatic activity at ridge crests, 
but its extent was a matter of conjecture. However, in 
the mid-1990s a very large-scale experiment, the Mantle 
Electromagnetic and Tomography (MELT) experiment, 
was carried out on the crest of the East Pacifi c Rise 
specifi cally to defi ne the vertical and lateral extent of 
the region of partial melting beneath it (MELT seismic 
team, 1998). Fifty-one ocean bottom seismometers and 
47 instruments that measure changes in the Earth’s 
magnetic and electric fi elds were deployed across the 
ridge, between 15° and 18°S, in two linear arrays each 
approximately 800 km long. This location was chosen 
because it is in the middle of a long, straight section of 
the ridge between the Nazca and Pacifi c plates, and has 
one of the fastest spreading rates: 146 mm a−1 at 17°S. 
The extent of any partial melt in the mantle should 
therefore be well developed in terms of low seismic 
velocities and high electrical conductivity. Seismic waves 
from regional and teleseismic earthquakes, and varia-
tions in the Earth’s electric and magnetic fi elds, were 
recorded for a period of approximately 6 months. Anal-
ysis of the data revealed an asymmetric region of low 
seismic velocities extending to a depth of 100 km, with 
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its shallowest point beneath the ridge crest, but extend-
ing to 350 km to the west and 150 km to the east of the 
ridge crest (Fig. 6.8). Both the velocity anomalies and 
electrical conductivity are consistent with 1–2% partial 
melting (Evans et al., 1999). There is an indication of 
incipient melting to a depth of 180 km. The asymmetry 
of the region of partial melting is thought to be due to 
a combination of two effects. Within the hot spot 
framework the western fl ank of the ridge is moving at 
more than twice the rate of the eastern fl ank (Fig. 6.8). 
It is also close to the South Pacifi c superswell (Section 
12.8.3). Enhanced upwelling and hence fl ow in the 
asthenosphere from the superswell and viscous drag 
beneath the fast moving Pacifi c plate are thought to 
produce higher rates of fl ow and hence higher tem-
peratures beneath the western fl ank of the ridge. These 
elevated temperatures are refl ected in shallower 
bathymetry (Section 6.4) and a higher density of sea-
mount volcanism on the western fl ank compared to the 
eastern fl ank.

The width of the region of partial melt defi ned by 
the MELT experiment seems to be quite wide. One 
must recall however that the spreading rate at this 
point is very high, fi ve times higher than that on much 

of the Mid-Atlantic Ridge. In fact the region of 
primary melt only underlies crust 2–3 Ma in age, 
whereas the anomalous uplift of ridges extends out to 
crust of 70–80 Ma in age. Partial melt in the upper 
mantle may therefore account for some of the uplift 
of ridge crests but cannot account for the uplift of 
ridge fl anks.

6.4 DEPTH–AGE 
RELATIONSHIP 
OF OCEANIC 
LITHOSPHERE

The major factor contributing to the uplift of mid-
ocean ridges is the expansion and contraction of the 
material of the upper mantle. As newly formed 
oceanic lithosphere moves away from a mid-ocean 
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ridge, it becomes removed from underlying heat 
sources and cools. This cooling has two effects. First, 
the lithosphere contracts and increases in density. 
Second, because the lithosphere–asthenosphere bound-
ary is controlled by temperature (Section 2.12), the 
cooling causes the lithosphere to increase in thickness 
away from the mid-ocean ridge. This latter phenom-
enon has been confi rmed by lithosphere thickness esti-
mates derived from surface wave dispersion studies in 
the Pacifi c Ocean, which indicate that the thickness 
increases from only a few kilometers at the ridge crest 
to 30 km at 5 Ma age and 100 km at 50 Ma (Forsyth, 
1977).

The cooling and contraction of the lithosphere 
cause a progressive increase in the depth to the top 
of the lithosphere away from the ridge (Sclater & 
Francheteau, 1970), accompanied by a decrease in heat 
fl ow. It follows that the width of a ridge depends upon 
the spreading rate, and so provides an explanation for 
the relative widths of the rapidly spreading East Pacifi c 
Rise and more slowly spreading Mid-Atlantic Ridge. 
Parsons & Sclater (1977) determined the nature of the 
age–depth relationships of oceanic lithosphere, and 
suggested that the depth d (meters) is related to age t 
(Ma) by:

d = 2500 + 350t1/2

It was found, however, that this relationship only 
holds for oceanic lithosphere younger than 70 Ma. For 
older lithosphere the relationship indicates a more 
gradual increase of depth with age. In order to 
explain this, Parsons & McKenzie (1978) suggested a 
model in which the cooling layer comprises two units 
rather than the single unit implied by Parsons & 
Sclater (1977). In this model the upper unit, through 
which heat moves by conduction, is mechanically 
rigid, and the lower unit is a viscous thermal bound-
ary layer. As the lithosphere travels away from a 
spreading center, both units thicken and provide the 
relationship – depth proportional to the square root 
of age – described above. However, the lower unit 
eventually thickens to the point at which it becomes 
unstable and starts to convect. This brings extra heat 
to the base of the upper layer and prevents it thicken-
ing at the same rate. They suggested that the age–
depth relationship for oceanic lithosphere older than 
70 Ma is then given by:

d = 6400 − 3200exp(−t/62.8)

These two models, for the cooling and contraction 
of oceanic lithosphere with age, are referred to as the 
half space and plate models respectively. In the former 
the lithosphere cools indefi nitely, whereas in the latter 
it ultimately attains an equilibrium situation deter-
mined by the temperature at the lithosphere–
asthenosphere boundary and the depth at which this 
occurs as a result of convection in the asthenosphere. 
Clearly the main constraints on these models are the 
observed depth (corrected for sediment loading) and 
heat fl ux at the ocean fl oor as a function of age. Stein 
& Stein (1992), using a large global data set of depth 
and heat fl ow measurements, derived a model (GDH1 
– global depth and heat fl ow model 1) that gave the 
best fi t to the observations. Any such model must 
make assumptions about the depth to the ridge crest 
and the thermal expansion coeffi cient, the thermal 
conductivity, the specifi c heat, and the density of the 
lithosphere. However Stein & Stein (1992) showed 
that the crucial parameters in determining the best fi t 
to the data are the limiting plate thickness and the 
temperature at the base of the lithospheric plate. In 
the GDH1 model these have the values 95 km and 
1450°C respectively.

A comparison of the age–depth relationship pre-
dicted by the half space model, the Parsons, Sclater & 
McKenzie model and GDH1, is shown in Fig. 6.9a and 
the depth–age equations for GDH1 are:

d = 2600 + 365t1/2 for t < 20 Ma
and d = 5650 − 2473exp(−t/36) for t > 20 Ma.

6.5 HEAT FLOW AND 
HYDROTHERMAL 
CIRCULATION

The half space model of lithospheric cooling with age 
predicts that the heat fl ux through the ocean fl oor on 
ridge fl anks will vary in proportion to the inverse square 
root of its age, but across older ocean fl oor measured 
heat fl ow values vary more slowly than this, again favor-
ing a plate model. The GDH1 model of Stein & Stein 
(1992) predicts the following values for heat fl ow, 
q (mWm−2) as a function of age, t (Ma):
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q = 510t−1/2 for t ≤ 55 Ma
and q = 48 + 96exp(−t/36) for t > 55 Ma.

The variation of heat fl ow with age predicted by all 
three thermal models is illustrated in Fig. 6.9b and com-
pared to observed heat fl ow values. It will be noted that 
observed values for younger lithosphere have not been 
plotted. This is because there are large variations in the 
heat fl ux measured in young oceanic crust (Fig. 6.4). 
The values obtained are typically less than those pre-
dicted by the models and there is now thought to be 
good reason for this. In particular, there is a large scatter 
in heat fl ow magnitude near the crests of ocean ridges. 
Thermal lows tend to occur in fl at-fl oored valleys and 
highs within areas of rugged topography (Lister, 1980). 

Blanketing by sediment does not appear to be the cause 
of the low heat fl ow because the troughs are within the 
least sedimented areas of the ridge and also the young-
est and therefore hottest. To explain these phenomena 
it was proposed that the pattern of heat fl ow is con-
trolled by the circulation of seawater through the rocks 
of the oceanic crust.

Although the penetration of water through the hard 
rock of the sea fl oor at fi rst seems unlikely, it has been 
shown that thermal contraction can induce suffi cient 
permeability for effi cient convective fl ow to exist. The 
cracks are predicted to advance rapidly and cool a large 
volume of rock in a relatively short time, so that intense 
localized sources of heat are produced at the surface. 
Active geothermal systems that are driven by water 
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coming into contact with near-molten material are 
expected to be short-lived, but the relatively gentle cir-
culation of cool water, driven by heat conducted from 
below, should persist for some time. However, as the 
oceanic crust moves away from the ridge crest, and 
subsides, it is blanketed by impermeable sediments, and 
the pores and cracks within it become clogged with 
minerals deposited from the circulating water. Ulti-
mately heat fl ux through it is by conduction alone and 
hence normal heat fl ow measurements are obtained. 
This “sealing age” of oceanic crust would appear to be 
approximately 60 Ma.

Detailed heat fl ow surveys on the Galapagos Rift 
revealed that the pattern of large-scale zoning and the 
wide range of individual values are consistent with 
hydrothermal circulation (Williams et al., 1974). Small-
scale variations are believed to arise from variations in 
the near-surface permeability, while larger-scale varia-
tions are due to major convection patterns which exist 
in a permeable layer several kilometers thick which is 
infl uenced by topography, local venting, and recharge 
at basement outcrops. The penetration of this convec-
tion is not known, but it is possible that it is crust-wide. 
It is thought that hydrothermal circulation of seawater 
in the crust beneath ocean ridges transports about 25% 
of the global heat loss, and is clearly a major factor in 
the Earth’s thermal budget (Section 2.13).

The prediction of hydrothermal circulation on mid-
ocean ridges, to explain the heat fl ow values observed, 
was dramatically confi rmed by detailed investigations 
at and near the sea fl oor at ridge crests, most notably 
by submersibles. Numerous hydrothermal vent fi elds 
have been discovered on both the East Pacifi c Rise and 
the Mid-Atlantic Ridge, many of them revealed by the 
associated exotic and previously unknown forms of life 
that survive without oxygen or light. The physical and 
chemical properties of the venting fl uids and the 
remarkable microbial and macrofaunal communities 
associated with these vents, have been reviewed by 
Kelly et al. (2002). The temperature of the venting fl uids 
can, exceptionally, be as high as 400°C. The chemistry 
of the hydrothermal springs on the East Pacifi c Rise and 
Mid-Atlantic Ridge is remarkably similar, in spite of the 
great difference in spreading rates, and suggests that 
they have equilibrated with a greenschist assemblage of 
minerals (Campbell et al., 1988). Surprisingly perhaps, 
because of the cooler environment at the ridge crest, 
there are high levels of hydrothermal activity at certain 
locations on the very slow- and ultraslow-spreading 
Gakkel Ridge. This appears to result from the focusing 

of magmatic activity at these points, producing higher 
temperatures at shallow depths (Michael et al., 2003).

Further evidence that hydrothermal circulation 
occurs comes from the presence of metalliferous depos-
its at ridge crests. The metals are those known to be 
hydrothermally mobile, and must have been leached 
from the oceanic crust by the ingress of seawater which 
permitted their extraction in a hot, acidic, sulfi de-rich 
solution (Rona, 1984). On coming into contact with 
cold seawater on or just below the sea fl oor the solu-
tions precipitate base metal sulfi de deposits. The pres-
ence of such deposits is corroborated by studies of 
ophiolites (Section 13.2.2).

6.6 SEISMIC 
EVIDENCE FOR AN 
AXIAL MAGMA 
CHAMBER

Models for the formation of oceanic lithosphere nor-
mally require a magma chamber beneath the ridge axis 
from which magma erupts and intrudes to form the lava 
fl ows and dikes of layer 2. Solidifi cation of magma 
within the chamber is thought to lead to the formation 
of most of oceanic layer 3 (Section 6.10). Evidence for 
the presence of such a magma chamber has been sought 
from detailed seismic surveys at ridge crests employing 
refraction, refl ection, and tomographic techniques.

On the fast-spreading East Pacifi c Rise many of the 
surveys have been carried out in the area north of 
the Siquieros Fracture Zone between 8° and 13°N. The 
area centered on the ridge crest at 9°30′N has been 
particularly intensively studied (e.g. Herron et al., 1980; 
Detrick et al., 1987; Vera et al., 1990). More recently 
additional experiments have been carried out at 14°15′S, 
on one of the fastest spreading sections of the ridge 
(Detrick et al., 1993a; Kent et al., 1994). All of these 
studies have revealed a region of low seismic velocities 
in the lower crust, 4–8 km wide, and evidence for the 
top of a magma chamber at varying depths, but typi-
cally 1–2 km below the sea fl oor. There is some indica-
tion that the depth to the magma chamber is 
systematically less at 14°S compared to 9°N on the East 
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Pacifi c Rise, suggesting an inverse correlation between 
magma chamber depth and spreading rate (Detrick 
et al., 1993b). The interpretation of Vera et al. (1990) of 
results obtained at 9°30′N, using multi-channel, 
expanded spread refl ection profi ling, is shown in Fig. 
6.10. They considered that only the volume in which 
the P-wave velocity is less than 3 km s−1 can be regarded 
as a melt lens, and that the region in which the P-wave 
velocity is greater than 5 km s−1, which includes much 
of the low velocity zone, behaves as a solid. Detrick 
et al. (1987) demonstrated that a strong refl ector, 
thought to be associated with the top of the magma 
chamber, can be traced as a nearly continuous feature 
for tens of kilometers along the ridge axis. Much of the 

more recent work, typically employing tomographic 
techniques (Section 2.1.8), suggests that the region in 
which there is a high melt fraction, probably no more 
than 30% crystals so that the shear wave velocity is zero, 
is remarkably small, perhaps no more than a few tens 
of meters thick, and less than 1 km wide (Kent et al., 
1990, 1994; Caress et al., 1992; Detrick et al., 1993a; 
Collier & Singh, 1997). Thus most of the low velocity 
zone beneath the ridge crest behaves as a solid and is 
interpreted as a region of anomalously hot rock.

In contrast to the picture that has emerged for the 
East Pacifi c Rise, most seismic studies of the slowly 
spreading Mid-Atlantic Ridge recognize a low velocity 
zone in the lower crust beneath the ridge crest but have 

Fig. 6.10  The variation of P wave velocity in the oceanic crust, at the crest of the East Pacifi c Rise at 9°30′N, deduced 
from expanded spread (ESP) and common depth point seismic profi ling. Shaded area indicates a region with a high 
percentage of melt. An interpretation of the velocities in terms of rock units, and an indication of the extent of the zone 
of anomalously low seismic velocities (LVZ), are also shown (redrawn from Vera et al., 1990, by permission of the 
American Geophysical Union. Copyright © 1990 American Geophysical Union).
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not yielded any convincing evidence for a magma 
chamber or melt lens (Whitmarsh, 1975; Fowler, 1976; 
Purdy & Detrick, 1986; Detrick et al., 1990). However, 
Calvert (1995), in reanalyzing the data of Detrick et al. 
(1990) acquired at 23°17′N, isolated refl ections from a 
presumed magma chamber at a depth of 1.2 km and 
with a width of 4 km.

It seems unlikely therefore that steady state magma 
chambers exist beneath the axes of slowly spreading 
ridges. Transient magma chambers, however, related to 
infl uxes of magma from the mantle, may exist for short 
periods. In order to test this hypothesis a very detailed 
combined seismic and electromagnetic experiment was 
carried out across the Reykjanes Ridge south of Iceland 
(Sinha et al., 1998). This study was deliberately centered 
on a magmatically active axial volcanic ridge (AVR) on 
the Reykjanes Ridge at 57°45′N, and did reveal a melt 
lens and crystal mush zone analogous to those imaged 
on the East Pacifi c Rise. In this instance the melt lens 
occurs at a depth 2.5 km beneath the sea fl oor. The 
results of this study provide strong support for the 
hypothesis that the process of crustal accretion on slow-
spreading ridges is analogous to that at fast-spreading 
ridges but that the magma chambers involved are short-
lived rather than steady state. Despite its proximity to 
the Iceland hot spot, the ridge crest south of 58°N on 
the Reykjanes Ridge has the characteristics of a typical 
slow-spreading ridge: a median valley, and normal 
crustal thickness and depth.

The logistically complicated seismic experiments 
required to test for the presence or absence of a melt 
lens have yet to be carried out on the very slow- and 
ultraslow-spreading Gakkel Ridge. It seems extremely 
unlikely that melt lenses exist beneath the amagmatic 
segments of this ridge, in that these consist of mantle 
peridotite with only a thin carapace of basalts, but pos-
sible that transient melt lenses occur beneath the mag-
matic segments and volcanic centers (Section 6.9). 
However, in 1999 seismological and ship-borne sonar 
observations recorded a long-lived magmatic-spreading 
event on the Gakkel Ridge that had characteristics more 
consistent with the magma being derived directly from 
mantle depths than from a crustal magma chamber 
(Tolstoy et al., 2001).

Sinton & Detrick (1992), taking account of the 
seismic data available at that time and incorporating 
new ideas on magma chamber processes, proposed a 
model in which the magma chambers comprise narrow, 
hot, crystal-melt mush zones. In this model magma 
chambers are viewed as composite structures compris-

ing an outer transition zone made up of a hot, mostly 
solidifi ed crust with small amounts of interstitial melts 
and an inner zone of crystal mush with suffi cient melt 
for it to behave as a very viscous fl uid. A melt lens only 
develops in fast-spreading ridges where there is a suffi -
ciently high rate of magma supply for it to persist at the 
top of the mush zone (Fig. 6.11a). This lens may extend 
for tens of kilometers along the ridge crest, but is only 
1–2 km wide and tens or hundreds of meters in thick-
ness. Slow-spreading ridges are assumed to have an 
insuffi cient rate of magma supply for a melt lens to 
develop (Fig. 6.11b) and that eruptions only occur when 
there are periodic infl uxes of magma from the mantle. 
Such a model is consistent with the seismic data from 
ocean ridges and petrologic observations which require 
magma to have been modifi ed by fractionation within 
the crust, which could not occur in a large, well-mixed 
chamber. It also explains why less fractionation occurs 
in the volcanic rocks of slow-spreading ridges. A 
problem with this model, however, is that it is not 
apparent how the layered gabbros of layer 3 might 
develop.

Subsequent work by Singh et al. (1998), involving 
further processing of the seismic refl ection data 
obtained by Detrick et al. (1993a) near to 14°S on the 
East Pacifi c Rise, was specifi cally targeted at identifying 
any along-axis variations in the seismic properties and 
thickness of the melt lens. Their results suggest that 
only short, 2–4 km lengths of the melt lens contain pure 
melt capable of erupting to form the upper crust. The 
intervening sections of the melt lens, 15–20 km in 
length, are rich in crystal mush and are assumed to 
contribute to the formation of the lower crust. It seems 
probable that the pockets of pure melt are related to 
the most recent injections of magma from the mantle.

6.7 ALONG-AXIS 
SEGMENTATION OF 
OCEANIC RIDGES

Many early investigations of ocean ridges were essen-
tially two-dimensional in that they were based on quite 
widely spaced profi les oriented perpendicular to their 
strike. More recently “swath”-mapping systems have 
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been employed which provide complete areal coverage 
of oceanic features. These systems have been used to 
reveal variations in the structure of ocean ridges along 
strike. A review of these developments was provided by 
Macdonald et al. (1988).

Studies of the East Pacifi c Rise have shown that it is 
segmented along its strike by nontransform ridge axis 
discontinuities such as propagating rifts (Section 6.11) 
and overlapping spreading centers (OSC), which occur 
at local depth maxima, and by smooth variations in the 

Fig. 6.11  Interpretive models of magma chambers beneath a fast (a) and slow (b) spreading ridge (modifi ed from 
Sinton & Detrick, 1992, by permission of the American Geophysical Union. Copyright © 1992 American Geophysical 
Union).
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Fig. 6.12  Possible evolutionary sequence in the 
development of an overlapping spreading center 
(redrawn from MacDonald & Fox, 1983, with permission 
from Nature 302, 55–8. Copyright © 1983 Macmillan 
Publishers Ltd).

depth of the ridge axis. These features may migrate up 
or down the ridge axis with time.

OSCs (MacDonald & Fox, 1983) are nonrigid discon-
tinuities where the spreading center of a ridge is offset 
by a distance of 0.5–10 km, with the two ridge portions 
overlapping each other by about three times the offset. 
It has been proposed that OSCs originate on fast-spread-
ing ridges where lateral offsets are less than 15 km, and 
true transform faults fail to develop because the litho-
sphere is too thin and weak. The OSC geometry is 
obviously unstable, and its development has been 
deduced from the behavior of slits in a solid wax fi lm 
fl oating on molten wax, which appears to represent 
a reasonable analogue (Fig. 6.12a). Tension applied 
orthogonal to the slits (spreading centers) causes their 
lateral propagation (Fig. 6.12b) until they overlap (Fig. 
6.12c), and the enclosed zone is subjected to shear and 
rotational deformation. The OSCs continue to advance 
until one tip links with the other OSC (Fig. 6.12d). A 
single spreading center then develops as one OSC 
becomes inactive and is moved away as spreading 
continues (Fig. 6.12e).

Fast-spreading ridges are segmented at several differ-
ent scales (Fig. 6.13). First order segmentation is defi ned 
by fracture zones (Section 4.2) and propagating rifts 
(Section 6.11), which divide the ridge at intervals of 
300–500 km by large axial depth anomalies. Second 
order segmentation at intervals of 50–300 km is caused 
by nonrigid transform faults (which affect crust that is 
still thin and hot) and large offset (3–10 km) OSCs that 
cause axial depth anomalies of hundreds of meters. 
Third order segmentation at intervals of 30–100 km is 
defi ned by small offset (0.5–3 km) OSCs, where depth 
anomalies are only a few tens of meters. Finally, fourth 
order segmentation at intervals of 10–50 km is caused 
by very small lateral offsets (<0.5 km) of the axial rift 
and small deviations from axial linearity of the ridge 
axis (DEVALS). These are rarely associated with depth 
anomalies and may be represented by gaps in the vol-
canic activity within the central rift or by geochemical 
variation. Clearly fourth order segmentation is on the 
same along-axis length scale as the intervals between 
pure melt pockets in the melt lens documented by 
Singh et al. (1998) (Section 6.6).

Third and fourth order segmentations appear to be 
short-lived, as their effects can only be traced for a few 
kilometers in the spreading direction. Second order seg-
mentations, however, create off axis scars on the spread-
ing crust consisting of cuspate ridges and elongate 
basins that cause differential relief of several hundred 

meters. The scars do not follow small circle routes 
about the spreading pole, but form V-shaped wakes at 
60–80° to the ridge. This indicates that the OSCs 
responsible for the segmentation migrate along the 
ridge at velocities of up to several hundred millimeters 
per year. Figure 6.14 summarizes the three general cases 
for the evolution of such ridge–axis discontinuities in 
terms of the movement of magma pulses.



136 CHAPTER 6

The different scales and hence “orders” of ridge seg-
mentation were fi rst recognized on the fast-spreading 
East Pacifi c Rise. Segmentation also exists on the slow-
spreading Mid-Atlantic Ridge but takes on somewhat 
different forms, presumably because the ridge crest is 
cooler and hence more brittle (Sempéré et al., 1990; 
Gente et al., 1995) (Fig. 6.13). First order segmentation 
is defi ned by transform faults, but overlapping spread-
ing centers are absent and second order segments are 
bounded by oblique offsets of the ridge axis associated 
with deep depressions in the sea fl oor. Third and fourth 
order segmentation is in the form of geochemical vari-
ations and breaks in volcanic activity in the inner valley 
fl oor. The latter generate discrete linear volcanic ridges 
2–20 km long and 1–4 km wide (Smith & Cann, 1993). 
Again fi rst and second order segmentation is long-lived 
and third and fourth order segmentation is short-lived. 
Segmentation on the ultraslow-spreading Gakkel Ridge, 

which does not even exhibit transform faulting, is in the 
form of volcanic and tectonic, or magmatic and amag-
matic, segments (Michael et al., 2003) (Section 6.9).

The fi rst order segment boundaries, transform 
faults, are marked by pronounced bathymetric depres-
sions (Section 6.12). They are often underlain by thinner 
crust than normal and anomalously low sub-Moho 
seismic velocities that may be due to partial serpentini-
zation of the mantle as a result of seawater percolating 
down through the fractured crust. This thinning of the 
crust in the vicinity of fracture zones is particularly 
marked on the slow-spreading Mid-Atlantic Ridge 
(White et al., 1984; Detrick et al., 1993b). By contrast, 
the central portions of segments are elevated, have 
crust of normal thickness, and thinner lithosphere. This 
implies that the supply of magma from the mantle is 
focused at discrete points along the ridge axis at segment 
centers. These regions of thicker crust and enhanced 
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Fig. 6.14  Three possible general cases for the evolution of ridge–axis discontinuities. Arrows along axis refer to 
direction of propagation of magmatic pulses. tl , t2 ,  .  .  .  , tn refer to a time sequence. Cases 2 and 3 apply to second and 
third order discontinuities (after Macdonald et al., 1988, with permission from Nature 335, 217–25. Copyright © 1988 
Macmillan Publishers Ltd).
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magma supply are characterized by negative mantle 
Bouguer anomalies (MBAs) and the areas of thinned 
crust between them by positive MBAs (Lin et al., 1990). 
These latter areas include second order discontinuities 
in addition to transform faults. Evidence for the focus-
ing of magma supply at segment centers is less obvious 
on the fast-spreading East Pacifi c Rise, but discontinui-
ties and variations in the size and width of the magma 
chamber correlate with segmentation (Toomey et al., 
1990). These observations suggest that magma is 
emplaced at segment centers and migrates laterally 
along the ridge axis towards the segment ends. Increas-
ingly it has been recognized that on cooler slow-
spreading crust this can mean that segment ends are 
starved of magma and that parts of the crustal section 
consist of serpentinized mantle.

The extension of oceanic crust at ridge crests can 
occur either by the intrusion of magma or by exten-
sional faulting. If ridge crests in the vicinity of trans-
form faults are deprived of magma, amagmatic 
extension becomes more important. Perhaps the most 
spectacular expression of this is the occurrence of major 
low-angle detachment faults (Ranero & Reston, 1999; 
MacLeod et al., 2002) (Section 7.3) on the inside corners 
of slow-spreading ridge–transform intersections that 
give rise to large corrugated and striated domes of ser-
pentinized peridotite and gabbro (Plate 6.1 between pp. 
244 and 245). These corrugated domes are exposed fault 
planes that deform the upper mantle and lower crust of 
oceanic lithosphere. The corrugations parallel the 
spreading direction and indicate the direction of motion 
on the fault. The offset on these faults is typically at least 
10–15 km (Cann et al., 1997). These exposures are 
thought to result from processes involving extension, 
detachment faulting, and crustal fl exure that are similar 
to those that form metamorphic core complexes in 
zones of continental extension (Sections 7.3, 7.6.2, 
7.7.3). For this reason the zones of exhumed peridotite 
at ridge–transform intersections are referred to as 
oceanic core complexes. Examples include the Atlantis 
Massif at the Mid-Atlantic Ridge–Atlantis transform 
intersection (Plate 6.1 between pp. 244 and 245) (Black-
man et al., 1998; Schroeder & John, 2004; Karson et al., 
2006) and along the Southeast Indian Ridge south of 
Australia (Baines et al., 2003; Okino et al., 2004).

Figure 6.15 illustrates the along axis variation of 
oceanic crust for slow- and fast-spreading ridges as envi-
sioned by Cannat et al. (1995) and Sinton & Detrick 
(1992) respectively. Indeed Cannat et al. (1995) suggested 

that serpentinized rocks may be much more common 
in the oceanic crust than previously assumed, even in 
areas distant from fracture zones. They dredged in the 
region of the North Atlantic Ridge at 22–24°N over 
areas of positive gravity anomalies, indicative of rela-
tively thin crust, and over areas with a normal gravity 
fi eld. Over the former, which comprised some 23% of 
the area surveyed, they encountered serpentinite with 
very few of the basaltic rocks which normally charac-
terize oceanic layer 2. They suggested that as magmatic 
centers grow, migrate along the ridge axis and decline, 
the normal oceanic crust would similarly migrate and 
would enclose those regions of serpentinitic crust that 
originate where magma was absent. This work is impor-
tant as it implies that serpentinized peridotite is more 
common in slow-spreading oceans than previously rec-
ognized. There are wide ranging implications. Perido-
tite is much more reactive with seawater than basalt and 
on weathering would release magnesium, nickel, chro-
mium and noble metals. Sepentinite also contains far 
more water than altered basalt, which could account for 
much of the water supplied to the mantle in subduction 
zones (Section 9.8), although at the present day the only 
examples of oceanic crust formed at slow-spreading 
rates entering subduction zones are the Caribbean and 
Scotia arcs.

Segmentation of ocean ridges appears to be con-
trolled by the distribution of partial melts beneath 
them (Toomey et al., 1990; Gente et al., 1995; Singh 
et al., 1998), which feed magma chambers at discrete 
locations along them and create local depth anomalies. 
The ridge model of Sinton & Detrick (1992), described 
above, precludes extensive mixing within the small 
axial magma chamber along the ridge, and could 
explain the observed geochemical segmentation. With 
time the magma may migrate away from its sources, 
creating a gradual increase in depth of the axis as the 
pressure within it gradually wanes. This phenomenon 
may explain the noncoincidence of magma chamber 
and rise culmination noted by Mutter et al. (1988). 
The brittle shell overlying the magma stretches and 
cracks and magma intrudes so that eruptions follow 
the path of magma migration. After eruption the 
removal of supporting magma gives rise to the forma-
tion of an axial summit graben. Evidence for the pulse-
like, episodic spreading of ridges, in which sea fl oor 
spreading occurs by fracturing, dike injection and 
copious volcanism, has been provided by seismological 
studies and direct observation (e.g. Dziak & Fox, 1999; 
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Tolstoy et al., 2001) and studies of ophiolites (Harper, 
1978). Ridge axis discontinuities consequently occur 
where the magmatic pulses fi nally come to rest. The 
variable bathymetry and associated geophysical and 

Fig. 6.15  Along axis sections illustrating the variation in crustal structure between segment centers and segment 
ends on slow- and fast-spreading ridges, as envisioned by Cannat et al. (1995) and Sinton and Detrick (1992) 
respectively (redrawn from Cannat et al., 1995, with permission from the Geological Society of America, and modifi ed 
from Sinton and Detrick, 1992, by permission of the American Geophysical Union. Copyright © 1992 American 
Geophysical Union).
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geochemical differences imply that adjacent segments 
of ridge have distinct, different sources in the mantle. 
First to third order segmentation is caused by the vari-
able depth associated with magma migration; fourth 
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order effects are caused by the geochemical differences 
in magma supply.

6.8 PETROLOGY OF 
OCEAN RIDGES

Under normal conditions the peridotite of the upper 
mantle does not melt. However, the high heat fl ow at 
ocean ridges implies that the geothermal gradient 
crosses the peridotite solidus at a depth of about 50 km 
(Wyllie, 1981, 1988), giving rise to the parental magma 
of the oceanic crust (Fig. 2.36). A similarly high geo-
thermal gradient is believed to exist beneath oceanic 
islands as oceanic lithosphere traverses a mantle plume 
or hotspot (Section 5.5), so generating basaltic rocks by 
a similar mechanism.

Mid-ocean ridge basalts (MORB) have the compo-
sition of olivine tholeiite (Kay et al., 1970), and exhibit 
only minor variation in major element composition 
caused by variable alumina and iron contents. They 
may contain phenocrysts of olivine or plagioclase or, 
rarely, clinopyroxene (Nisbet & Fowler, 1978). The 
simplest interpretation of the chemistry of oceanic 
basalts, suggested from experimental petrology, is that 
separation of the partial melt occurs at a depth of 
15–25 km. However, a wide range of alternative inter-
pretations exist. The analysis of trace elements reveals 
that much of the compositional variation in the 
basalts is explicable in terms of high-level fraction-
ation. To explain the most extreme variations, 
however, it is necessary to invoke the mixing of 
batches of magma. The frequent presence of xeno-
crysts of deep-level origin indicates that the rocks 
only spend a very short time in a high-level magma 
chamber.

On a smaller scale, a detailed sampling of the East 
Pacifi c Rise by Langmuir et al. (1986) revealed a series 
of basalts that are diverse in their major and trace 
element chemistry. This compositional variation has 
been interpreted in terms of a series of magmatic injec-
tion centers along the crest of the ridge which correlate 
with bathymetric highs spaced about 50–150 km apart. 
Magma moves outwards from the injection points 
along the ridge so that the temperature of eruption 
decreases regularly from maxima at the bathymetric 

highs, which correspond to the centers of segments 
(Section 6.7). Batiza et al. (1988) sampled along the axis 
of the southern Mid-Atlantic Ridge, and showed that 
there are regular patterns of chemical variation along 
it caused by differences in the depth and extent of 
partial melting and degree of fractionation. They con-
clude that these patterns imply the presence of a deep 
central magma supply, with limited melt migration 
along the axis and no large, well-mixed magma chamber 
in the crust.

Flower (1981) has shown that differences in the 
lithology and chemistry of basalts generated at mid-
ocean ridges show a simple correlation with spread-
ing rate. The differences are not related to processes 
in the upper mantle, as the primary melts appear to 
be identical. They are believed to refl ect the fraction-
ation environment after partial melting. Slow-spread-
ing systems are characterized by a complex magma 
chamber in which there is widespread accumulation 
of calcic plagioclase, the presence of phenocryst-
liquid reaction morphologies, and pyroxene-domi-
nated fractionation extracts. These phenomena are 
consistent with fractionation at many different pres-
sures in a chamber that appears to be transient. This 
conclusion is in accord with the pattern of rare earth 
elements in basalts sampled from the Mid-Atlantic 
Ridge (Langmuir et al., 1986). Although a homoge-
neous mantle source is suggested, the variations in 
rare earth chemistry apparent in samples from adja-
cent areas indicate a complex subsequent history of 
differentiation. Fast-spreading ridges, however, suggest 
low-pressure basalt fractionation trends to iron-rich 
compositions with little plagioclase accumulation or 
crystal–liquid interaction. This is consistent with the 
magma chamber being a stable and steady state 
feature.

Basalts from very slow- and ultraslow-spreading 
ridges have lower sodium and higher iron contents 
than typical MORB, refl ecting a smaller degree of 
mantle melting and melting at greater depths. The 
geochemistry of the peridotites dredged from such 
ridges also indicates that the extent of mantle melting 
beneath the ridge is low. The great variation in the rate 
at which magma is supplied along the length of the 
Gakkel Ridge, and its lack of correlation with spread-
ing rate, suggests that additional factors must be 
involved. Different thermal regimes or varying mantle 
composition along the length of the ridge, or lateral 
migration of melts in the upper mantle are some of 
the possibilities. Indeed, because of the smaller vertical 
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extent of melting beneath such ridges (Section 6.9), 
small variations in mantle temperature and/or compo-
sition would lead to greater proportional changes 
in the volume of magma produced (Michael et al., 
2003).

6.9 SHALLOW 
STRUCTURE OF THE 
AXIAL REGION

As noted above (Section 6.1), normal oceanic crust, 
that is, not formed in the vicinity of hot spots or 
transform faults, has a remarkably uniform seismic 
thickness of 7 ± 1 km if generated at a full spreading 
rate in excess of 20 mm a−1. For a homogeneous mantle 
this implies a comparable thermal gradient beneath all 
such ridge crests, and a similar degree of partial 
melting of the mantle, which produces the uniform 
thickness of mafi c crust. The essential uniformity of 
the thermal regime beneath ridges is also implied by 
the lithospheric age versus depth relationship (Section 
6.4). However, the rate at which magma is supplied to 
the crust will depend on the spreading rate. On fast-
spreading ridges the magma supply rate is such that 
the whole crestal region at relatively shallow depth is 
kept hot and a steady state magma chamber exists. 
Indeed the crust above the magma chamber would 
be even hotter and weaker but for the cooling effect 
of hydrothermal circulation (Section 6.5). On slow-
spreading ridges the lower rate of magma supply 
enables the crust to cool by conduction, as well as 
hydrothermal circulation, between injections of 
magma from the mantle. As a result the crust is 
cooler, and a steady state magma chamber cannot be 
maintained. At spreading rates of less than 20 mm a−1 
this conductive cooling between injections of magma 
extends into the mantle and inhibits melt generation. 
This reduces the magma supply, as well as the magma 
supply rate, and hence the thickness of mafi c crust 
produced, as observed on the Southwest Indian Ocean 
and Gakkel ridges (Section 6.1). It also makes the 
existence of even transient magma chambers beneath 
such ridges rather unlikely except beneath the volcanic 
centers (Section 6.6).

The relatively smooth axial topography of fast-
spreading ridges is characterized by an axial high, up to 
400 m in height and 1–2 km wide, and fault scarps with 
a relief of tens of meters, the fault planes dipping either 
towards or away from the ridge axis. Active volcanism 
is largely confi ned to the axial high, and the smooth 
topography is thought to result from the high eruption 
rate and the low viscosity of the magma. The axial high 
appears to correspond to and to be supported by the 
buoyancy of the axial magma chamber beneath. Studies 
of major fault scarps and drill core from DSDP/ODP 
drill hole 504B, all in Pacifi c crust, reveal that at depth 
the lava fl ows dip towards the ridge axis at which they 
were erupted and that the dikes beneath them dip away 
from the ridge axis (Karson, 2002). This geometry indi-
cates a very narrow and persistent zone of dike intru-
sion, and isostatic subsidence as the thickness of the lava 
fl ow unit increases away from the point of extrusion 
(Section 6.10). This relatively simple structure of 
the upper crust at the crests of fast-spreading ridges is 
illustrated in Fig. 6.16.

The shallow structure at the crests of slow-spreading 
ridges is fundamentally different to that on fast-spread-
ing ridges (Smith & Cann, 1993). As a result of less 
frequent eruptions of magma and a cooler, more brittle 
upper crust, extension by normal faulting is more pro-
nounced. The fault scarps have approximately 100 m of 
relief and the fault planes dip towards the ridge axis. 
Volcanism is essentially confi ned to the inner valley 
fl oor, and at any one time appears to be focused along 
specifi c axis-parallel fi ssures, forming axial volcanic 
ridges 1–5 km wide and tens of kilometers in length. As 
these ridges move off axis, as a result of further accre-
tion, they may be cut by the faults that ultimately form 
the bounding scarps of the median valley. The spacing 
of these bounding faults appears to be about one-third 
to one-half of the width of the inner valley, that is, 
several kilometers. Within the inner valley fl oor the 
topography is fi ssured and cut by small throw normal 
faults, the density of these features giving an indication 
of its age. There is clear evidence of alternate phases of 
volcanic and tectonic (magmatic and amagmatic) exten-
sion of the crust, as one would expect if there are tran-
sient magma chambers beneath, which supply discrete 
packets of magma to the inner valley fl oor.

Very slow-spreading ridges are characterized by thin 
mafi c crust and large regions of peridotite exposures 
where the mantle appears to have been emplaced 
directly to the sea fl oor. However there are also mag-
matic segments analogous to the second order 
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segments on slow-spreading ridges. These have abun-
dant volcanoes, typically in the form of axial volcanic 
ridges. These are 15–25 km long, and rise 400–1500 m 
from the axial valley fl oor. In the amagmatic sections 
the rift valley is often deeper than on slow-spreading 
ridges, up to 5000 m deep in places, and the rift valley 
walls have up to 2000 m of relief. On the Gakkel Ridge 
the western section is magmatic, the central section 
essentially amagmatic, less than 20% of the rift valley 
having a basaltic cover, and the ultraslow-spreading 
eastern section is very different again. It has six large 
volcanic centers on it that extend for 15–50 km along 
axis and are 50–160 km apart. These volcanic edifi ces 
are larger and more circular than those on other ridges. 
The amplitudes of the magnetic anomalies recorded 
between the volcanic centers suggest that the basaltic 
cover is thin in these tectonized zones. These marked 
along-axis contrasts in the extent of magma supply, 
which do not correlate with spreading rate, pose inter-
esting questions regarding the generation and/or 
migration of melts beneath the ridge (Section 6.8) 
(Michael et al., 2003).

6.10 ORIGIN OF THE 
OCEANIC CRUST

A widely accepted model of the petrologic processes 
occurring at ocean ridges was proposed by Cann (1970, 
1974). In this model hot asthenospheric material ascends 
buoyantly (Nicolas et al., 1994) suffi ciently rapidly up a 
narrow zone to pass through the basalt melting curve 
and provides an interstitial melt of basaltic composi-
tion. The molten fraction increases in volume as the 
asthenosphere rises, and eventually departs the parental 
material to ascend independently and produce a magma 
chamber within the lower part of the oceanic crust at 
the level of layer 3. Part of this magma rises through 
fi ssures in the crust and erupts onto the ocean fl oor to 
produce pillowed lava fl ows. Beneath the fl ows is a zone 
of dikes formed by solidifi cation of magma in the fi s-
sures that feed the fl ows. The lavas and dikes together 
make up layer 2 of the oceanic crust. Kidd (1977) 

Fig. 6.16  Schematic diagram of the upper crustal structure for a fast-spreading ridge (redrawn with permission from 
Karson, et al., 2002 by permission of the American Geophysical Union. Copyright © 2002, American Geophysical Union).
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modeled these processes of extrusion and intrusion and 
compared them with observations of ophiolite com-
plexes. Layer 2C was found to consist entirely of sheeted 
dikes, which were intruded through zones less than 
50 m wide. The dikes show some 10% more chilled 
margins on one side than the other, showing that 
approximately 10% of the dikes are cut by later dikes, 
such that the margins of the original dikes ended up on 
opposite sides of the ridge crest. The symmetry of sea 
fl oor spreading about the ridge axis is explained because 
dike intrusion will proceed preferentially into the hot 
central axis where existing dikes are weakest. It was 
suggested that the lavas extruded above the dikes cool 
rapidly in contact with sea water and fl ow less than 2 km 
before solidifi cation. Lavas and dikes are predicted to 
rotate towards the ridge crest as they move away from 
the zone of extrusion as a result of isostatic adjustment 
(Fig. 6.17). They also undergo metamorphism near the 
ridge axis as they equilibrate at high temperatures in the 
presence of seawater.

This model for the origin of layer 2 has received 
striking confi rmation from studies of sections through 
the upper crust revealed by major fault scarps and drill 
core from DSDP/ODP drill hole 504B, all in fast-spread-
ing Pacifi c crust (Karson, 2002) (Section 6.9). Further-
more the model predicts that beneath the axial high the 
extrusive layer should be very thin and the dikes cor-
respondingly closer to the sea fl oor (Fig. 6.17). This is 
confi rmed by seismic studies that reveal a narrow 
central band of high seismic velocities beneath the axial 
high (Toomey et al., 1990; Caress et al., 1992) and a thin 
extrusive layer that thickens rapidly off axis within 
1–2 km (Detrick et al., 1993b; Kent et al., 1994).

In the model of Cann (1974) the crust at lower levels 
develops from the crystallization of the axial magma 
chamber. The fi rst minerals to crystallize in the magma 
chamber, olivine and chrome spinel, fall through the 
magma and form a basal layer of dunite with occasional 
accumulations of chromite. With further cooling pyrox-
ene crystallizes and cumulate peridotitic layers (i.e. of 
olivine and pyroxene) are produced, giving way upwards 
to pyroxenites as the crystallization of pyroxene begins 
to dominate. Ultimately, plagioclase also crystallizes 
and layered olivine gabbros form. Much of the residual 
liquid, still volumetrically quite large, then solidifi es 
over a very small temperature range to form an upper, 
“isotropic” gabbro. A small volatile-rich residuum 
of this differentiation process, consisting essentially of 
plagioclase and quartz, is the last fraction to crystallize, 
sometimes intruding upwards to form veins and small 

pockets of “plagiogranite” within the overlying sheeted 
dike complex. The abundance of volatiles, notably 
water, in the uppermost part of the magma chamber 
may be due, at least in part, to interaction with 
seawater percolating downwards and/or stoping of the 
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Fig. 6.17  Geologic interpretation of the model of Kidd 
(1977) for the construction of Layer 2 at a fast-spreading 
ridge crest. Note the prediction of a rapid increase in the 
thickness of the extrusive layer away from the ridge axis 
and the presence of dikes at shallow depths near the 
ridge axis (redrawn with permission from Karson, et al., 
2002, by permission of the American Geophysical Union. 
Copyright © 2002 American Geophysical Union).
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overlying, hydrothermally altered dikes into the magma 
chamber.

The two gabbro units, isotropic and layered, are 
often correlated with seismic layers 3A and 3B, respec-
tively (Section 2.4.7). The ultramafi c cumulates, rich in 
olivine and pyroxene, would then account for the sub-
Moho seismic velocities. Thus, the Moho occurs within 
the crystallized magma chamber at the base of the 
mafi c section. Off axis, however, in a lower temperature 
environment, the uppermost ultramafi cs may become 
partially hydrated (i.e. serpentinized) and as a result 
acquire lower seismic velocities more characteristic of 
layer 3B. The seismic Moho would then occur at a 
somewhat greater depth, within the ultramafi c section. 
As a result of this uncertainty in defi ning the seismic 
Moho, petrologists have tended to defi ne the base of 
the crust as the base of the presumed magma chamber, 
that is, the dunite/chromitite horizon. Hence, this level 
is termed the “petrologic Moho”.

The model of Cann (1974) and Kidd (1977) has met 
with considerable success in explaining the known 
structure and petrology of oceanic crust created at fast-
spreading ridge crests, where there is a steady state 
magma chamber. At slow-spreading ridge crests, 
however, the zone of crustal accretion is wider and it 
seems probable that magma chambers are only tran-

sient. In this case the alternative model derived from 
early reinterpretations of ophiolites in terms of sea 
fl oor spreading may be more applicable. This invoked 
multiple small magma chambers within the main crustal 
layer in the light of the multiple intrusive relationships 
observed at all levels in the Troodos ophiolite of south-
ern Cyprus (Moores & Vine, 1971) (Section 2.5). Smith 
& Cann (1993) favor such a model for the creation of 
oceanic crust at slow-spreading ridge crests (Fig. 6.18). 
However away from segment centers, and particularly 
in the vicinity of transform faults, the magma supply 
may be greatly reduced, and serpentinized mantle peri-
dotite appears to be a common constituent of the 
thinned oceanic crust. This type of crust becomes even 
more common on very slow-spreading ridges and ulti-
mately most of the crust is effectively exposed mantle 
with or without a thin carapace of basalts. On the ultra-
slow Gakkel Ridge the crust is essentially serpentinized 
and highly tectonized mantle peridotite with volcanic 
centers at intervals of 100 × 50 km.

An alternative approach to understanding the accre-
tionary processes at mid-ocean ridge crests is by way of 
thermal modeling (Sleep, 1975; Kusznir & Bott, 1976; 
Chen & Morgan, 1990). Chen & Morgan (1990) made 
signifi cant improvements to such models by including 
the effects of hydrothermal circulation at ridge crests 
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Fig. 6.18  Model for the construction of oceanic crust at a slow-spreading ridge. Transient magma bodies rise to the 
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and the different rheological properties of the crust 
compared to the mantle, oceanic crust being more 
ductile at high temperatures than the mantle. As out-
lined in Section 6.9, the thermal regime beneath a ridge 
crest is infl uenced by the rate at which magma is sup-
plied to the crust, which depends on the spreading rate. 
As a consequence the brittle–ductile transition (at 
approximately 750°C) occurs at a shallower depth in the 
crust at a fast-spreading ridge compared to a slow-
spreading ridge that has a lower rate of magma supply. 
This in turn implies that at a fast-spreading ridge there 
is a much greater volume, and hence width, of ductile 
lower crust. This ductile crust effectively decouples the 
overlying brittle crust from the viscous drag of the con-
vecting mantle beneath, and the tensile stresses pulling 
the plates apart are concentrated in a relatively thin and 
weak layer that extends by repeated tensile fracture in 
a very narrow zone at the ridge axis. On a slow-spread-
ing ridge the brittle layer is thicker and the volume of 
ductile crust much smaller. As a result the tensile stresses 
are distributed over a larger area and there is more 
viscous drag on the brittle crust. In this situation the 
upper brittle layer deforms by steady state attenuation 
or “necking” in the form of a large number of normal 
faults creating a median valley.

Chen & Morgan (1990) demonstrated that for crust 
of normal thickness and appropriate model parameters 
the transition from smooth topography with a buoyant 
axial high to a median rift valley is quite abrupt, at a full 
spreading rate of approximately 70 mm a−1 as observed. 
The model also predicts that for thicker crust forming 
at a slow rate of spreading, as for example on the Reyk-
janes Ridge immediately south of Iceland, there will be 
a much larger volume of ductile crust, and smooth 
topography is developed rather than a rift valley. Con-
versely, where the crust is thin on a slow-spreading 
ridge, for example in the vicinity of fracture zones on 
the Mid-Atlantic Ridge, the median valley will be more 
pronounced than at a segment center. Such instances of 
thicker or thinner crust than normal are also likely to 
be areas of higher or lower than normal upper mantle 
temperatures respectively which will enhance the effect 
in each case. The model was extended by Morgan & 
Chen (1993) to incorporate a magma chamber as 
observed on the East Pacifi c Rise. This enhanced model 
predicts that a steady state magma chamber can only 
exist at spreading rates greater than 50 mm a−1 and that 
the depth to the top of the chamber will decrease as 
spreading rate increases, whilst retaining the essential 
features of the Chen & Morgan (1990) model.

In general therefore there is good agreement 
between the theoretical models for the creation of 
oceanic crust and observations made on in situ ocean 
fl oor and on ophiolites. Certain aspects however are 
still problematic. The evolution of a median valley as 
accretion occurs, that is, the way in which its fl anks 
are uplifted and the normal faults ultimately reversed, 
is poorly understood. This is particularly true for the 
amagmatic segments of very slow- and ultraslow-
spreading ridges where mantle material is emplaced 
directly to the sea fl oor. The details of the formation 
of the gabbroic layer 3, from a steady state or tran-
sient magma chamber, are also the subject of much 
debate.

6.11 PROPAGATING 
RIFTS AND 
MICROPLATES

The direction of spreading at an ocean ridge does not 
always remain constant over long periods of time, but 
may undergo several small changes. Menard & Atwater 
(1968) proposed that spreading in the northeastern 
Pacifi c had changed direction fi ve times on the basis 
of changes in the orientation of major transform faults 
(Section 5.9) and magnetic anomaly patterns. Small 
changes in spreading direction have also been proposed 
as an explanation of the anomalous topography associ-
ated with oceanic fracture zones (Section 6.12).

Menard & Atwater (1968) made the assumption that 
the reorientation of a ridge would take place by smooth, 
continuous rotations of individual ridge segments until 
they became orthogonal to the new spreading direction 
(Fig. 6.19a). The ridge would then lie at an angle to the 
original magnetic anomaly pattern. Long portions of 
ridges affected in this way might be expected to devolve 
into shorter lengths, facilitating ridge rotation and cre-
ating new transform faults (Fig. 6.19b). The change in 
spreading direction is thus envisaged as a gradual, con-
tinuous rotation that produces a fan-like pattern of 
magnetic anomalies that vary in width according to 
position.

An alternative model of changes in spreading direc-
tion envisions the creation of a new spreading center 
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and its subsequent growth at the expense of the old 
ridge. This mechanism has been termed the propagating 
rift model (Hey, 1977; Hey et al., 1980). Thus the old, 
“doomed,” rift is progressively replaced by a propagat-
ing spreading center orthogonal to the new spreading 
direction (Fig. 6.20a). Kleinrock & Hey (1989) have 
described the complex processes that take place at the 
tip of the propagating rift. The boundaries between 
lithosphere formed at old and new ridges are termed 
pseudofaults. Pseudofaults defi ne a characteristic V-
shaped wake pointing in the direction of propagation. 
Between the propagating and failing rifts, lithosphere is 
progressively transferred from one plate to the other, 

Fig. 6.20  (a) Ridge adjustment by rift propagation; 
(b) evolution of a stepped ridge following propagation 
(modifi ed from Hey et al., 1988, by permission of the 
American Geophysical Union. Copyright © 1988 
American Geophysical Union).

giving rise to a sheared zone with a quite distinctive 
fabric. Therefore, abrupt changes in both the topo-
graphic and magnetic fabric of the sea fl oor occur at 
the pseudofaults and failed rift, and the new ridge prop-
agates by the disruption of lithosphere formed by sym-
metric accretion at the old ridge. Figure 6.20b shows a 
possible way in which the propagating model could give 
rise to evenly spaced fracture zones. These new fracture 
zones are bounded by pseudofaults and/or failed rifts, 
because the fracture zones do not form until propaga-
tion is completed. They thus contrast with the ridge 
rotation model (Fig. 6.19b) which does not produce 
failed rifts and in which the fracture zones are areas of 

Fig. 6.19  (a) Ridge rotation model of spreading center 
adjustment; (b) evolution of a stepped ridge following 
rotation (modifi ed from Hey et al., 1988, by permission 
of the American Geophysical Union. Copyright © 1988 
American Geophysical Union).
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highly asymmetric sea fl oor spreading. The propagation 
model predicts abrupt boundaries between areas of 
uniform magnetic anomaly and bathymetric trends of 
different orientation. The rotation model predicts a con-
tinuous fanlike confi guration of magnetic anomalies 
whose direction changes from the old to new spreading 
direction. Consequently, detailed bathymetric and mag-
netic surveys should be able to distinguish between the 
two models.

Hey et al. (1988) reported the results of a detailed 
investigation of the region where the direction of 
spreading of the Pacifi c–Farallon boundary changed 
direction at about 54 Ma, just north of the major bend 
of the Surveyor Fracture Zone, using side-scan sonar, 
magnetometry, and seismic refl ection. They found that 
the change in direction of sea fl oor fabric revealed by 
sonar is abrupt, in accord with the propagating rift 
model. Similar conclusions were reached by Caress 
et al. (1988). Hey et al. (1980) described the results of a 
survey of an area west of the Galapagos Islands at 
96°W. They concluded that here a new ridge is progres-
sively breaking through the Cocos plate, and the mag-
netic data in particular (Fig. 6.21) provide convincing 
evidence that the ridge propagation mechanism is oper-
ative. This interpretation was confi rmed by detailed 
mapping of the bathymetry in this area (Hey et al., 
1986). This clearly revealed the V-shaped pattern of the 
pseudofaults, the active and failed rifts, and the oblique 
tectonic fabric in the sheared zone of transferred litho-
sphere. The propagating rift model also elegantly 
explains the way in which the change in orientation of 
the Juan de Fuca Ridge (Fig. 4.1) has been achieved 
within the past 10 Ma (Wilson et al., 1984).

Engeln et al. (1988) pointed out that the propagating 
rift model described above assumes that the newly 
formed rift immediately attains the full accretion rate 
between the two plates, thereby rendering the pre-
existing rift redundant. However, if spreading on the 
new rift is initiated at a slow rate, and only gradually 
builds up to the full rate over a period of millions of 
years, the failing rift continues to spread, albeit at a 
slower and decreasing rate, in order to maintain the net 
accretion rate. In contrast to the original propagating 
rift model, in this model the two rifts overlap and the 
area of oceanic lithosphere between them increases 
with time. In addition, as a result of the gradients in 
spreading rate along each rift, the block of intervening 
lithosphere rotates. This rotation in turn produces com-
pression in the oceanic lithosphere adjacent to the tip 
of the propagating rift and transtension (Section 8.2) in 

the region between the points where the propagating 
rift was initiated and the original rift started to fail. After 
a few million years this transpression gives rise to an 
additional propagating rift.

This second propagating rift model was put forward 
to explain the remarkable phenomenon of microplates 

Fig. 6.21  (a) Predicted magnetic lineation pattern 
resulting from ridge propagation; (b) observed magnetic 
anomalies near 96°W west of the Galapagos Islands 
(redrawn from Hey et al., 1980, by permission of the 
American Geophysical Union. Copyright © 1980 
American Geophysical Union).
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in the southeast Pacifi c (Fig. 6.22). Detailed studies of 
the Easter and Juan Fernandez microplates show that 
their bathymetric fabrics and structural evolution are 
very similar, and fi t well with the predictions of the 
model of Engeln et al. (1988) (Searle et al., 1989; Rusby 
& Searle, 1995; Larson et al., 1992; Bird et al., 1998). The 

tectonic elements of the Juan Fernandez microplate 
(Fig. 6.23) clearly show the characteristic pseudofaults 
of the original propagating rift to the east, and the 
subsequent propagating rift to the southwest of the 
microplate. Microplates are thought to exist for no 
more than 5–10 million years, by which time the initial 
rift succeeds in transferring the oceanic lithosphere of 
the microplate from one plate to another, in the case of 
the Juan Fernandez microplate, probably from the 
Nazca to the Antarctic plate (Bird et al.,1998). Tebbens 
et al. (1997) have documented an analogous example in 
the late Miocene when a newly formed rift, propagating 
northwards from the Valdivia Fracture Zone on the 
Chile Ridge, ultimately transferred lithosphere from the 
Nazca to the Antarctic plate. Brozena & White (1990) 
have reported ridge propagation from the South Atlan-
tic, so this phenomenon appears to be independent of 
spreading rate.

The cause of the initiation of ridge propagation is 
unknown but several researchers have noted that prop-
agating rifts tend to form in the vicinity of hot spots 
and on the hot spot side of the pre-existing ridge crest 
(e.g. Bird et al., 1998; Brozena & White, 1990). An 
important corollary of the mere existence of propagat-
ing rifts is that the ridge-push force at spreading centers 
(Section 12.6) is not a primary driving mechanism as 
it appears to be quite easily overridden during ridge 
propagation.

6.12 OCEANIC 
FRACTURE ZONES

Transform faults in the oceans are well defi ned, in the 
absence of sedimentary cover, by fracture zones. These 
are long, linear, bathymetric depressions that normally 
follow arcs of small circles on the Earth’s surface per-
pendicular to the offset ridge (Bonatti & Crane, 1984). 
The apparent relative simplicity of oceanic fracture 
zones is no doubt due in part to the fact that they are 
commonly studied from the sea surface several kilome-
ters above the ocean fl oor. Direct observations of a 
fracture zone on the Mid-Atlantic Ridge (Choukroune 
et al., 1978) have shown that it consists of a complex 
swarm of faults occupying a zone 300–1000 m in width. 
Searle (1983) suggests that these multi-fault zones are 

Fig. 6.22  Map showing the location and extent of the 
Galapagos, Easter and Juan Fernandez microplates in 
the southeast Pacifi c Ocean. Arrows on ridge segments 
indicate active or previously active propagating rifts 
(modifi ed from Bird et al., 1998, by permission of the 
American Geophysical Union. Copyright © 1998 
American Geophysical Union).
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Fig. 6.23  The tectonic elements of the Juan Fernandez microplate, together with magnetic anomalies numbered 
according to the timescale of Fig. 4.8. TR, transform; PT, paleo-transform; FZ, fracture zone; WIPF, WOPF, EIPF, EOPF: 
western/eastern, inner/outer pseudofaults (redrawn from Larson et al., 1992, with permission from Nature 356, 571–6. 
Copyright © 1992 Macmillan Publishers Ltd).
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wider and more common on fast-spreading ridges such 
as the East Pacifi c Rise.

Fracture zones mark both the active transform 
segment and its fossilized trace. It has been suggested 
(Collette, 1979) that the fractures result from thermal 
contraction in the direction of the ridge axis. The inter-
nal stresses caused by contraction are much larger than 
the breaking strength of the rocks, and it is possible that 
fracture zones develop along the resulting lines of 
weakness.

Dredging of fracture zones has recovered both 
normal oceanic crustal rocks and rocks which show 
much greater metamorphism and shearing. Very com-
monly large blocks of serpentinite lie at the bases of 
the fracture zones. Bonatti & Honnorez (1976) and 
Fox et al. (1976) have examined specimens recovered 

from the thick crustal sections exposed in the large 
equatorial Atlantic fracture zones, which were found 
to consist of ultramafi c, gabbroic and basaltic rock 
types and their metamorphosed and tectonized equiv-
alents. Serpentinite intrusion appears to be quite 
common within fracture zones, accompanied by alkali 
basalt volcanism, hydrothermal activity, and metallo-
genesis. Investigations of the Vema Fraction Zone 
(Auzende et al., 1989) have indicated a sequence similar 
to normal oceanic layering. St Peter and St Paul rocks, 
in the equatorial Atlantic, which lie on a ridge associ-
ated with the St Paul Fracture Zone, are composed of 
mantle peridotite.

In the North Atlantic, fracture zone crust is very 
heterogeneous in thickness and internal structure 
(Detrick et al., 1993b). It is often thin (<3 km) with low 
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seismic velocities, and layer 3 is absent. The crustal 
thinning may extend several tens of kilometers from 
the fracture zone. Geologically, this structure may rep-
resent a thin, intensely fractured and hydrothermally 
altered basaltic layer underlain by serpentinized ultra-
mafi c rocks. The apparent thickness variations may 
refl ect different extents of serpentinization. The thin 
mafi c crust is thought to be a result of reduced magma 
supply at ridge offsets as noted in Section 6.7.

Ocean fracture zones must bring oceanic crust of 
different ages into juxtaposition. The depth of the sea 
fl oor is dependent upon its age (Section 6.4), and so it 
would be expected that a scarp would develop across 

Fig. 6.26  Development of a leaky transform fault 
because of a change in the pole of rotation.

Fig. 6.25  Different types of basement morphology 
across fracture zones (redrawn from Bonatti, 1978, with 
permission from Elsevier).

Fig. 6.24  Differential topography resulting from 
transform faulting of a ridge axis.

the fracture zone from the younger, higher crust to 
the lower, older crust (Menard & Atwater, 1969; 
DeLong et al., 1977) (Figs 6.24, 6.25b). The rate of 
subsidence of oceanic lithosphere is inversely depen-
dent upon the square root of its age (DeLong et al., 
1977), so the higher, younger crust subsides more 
rapidly than the lower, older side. The combination of 
contraction in the vertical plane and horizontally per-
pendicular to the direction of the ridge axis would 
result in a small component of dip-slip motion along 
the fracture zone away from the active transform fault. 
DeLong et al. (1977) have suggested that this small 
amount of dip-slip motion could give rise to fracture 
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zone seismicity and deformation of rocks within the 
fl oor and walls.

Transverse ridges are often found in association with 
major fracture zones and can provide vertical relief of 
over 6 km. These run parallel to the fractures (Bonatti, 
1978) on one or both margins. They are frequently 
anomalous in that their elevation may be greater than 
that of the crest of the spreading ridge (Fig. 6.25c,d). 
Consequently, the age–depth relationship of normal 
oceanic lithosphere (Section 6.4) does not apply and 
depths differ from “normal” crust of the same age. The 
ridges do not originate from volcanic activity within the 
fracture zone, nor by hotspot activity (Section 5.5), but 
appear to result from the tectonic uplift of blocks of 
crust and upper mantle. Transverse ridges, therefore, 
cannot be explained by normal processes of lithosphere 
accretion. Bonatti (1978) considers that the most rea-
sonable mechanism for this uplift is compressional and 
tensional horizontal stresses across the fracture zone 
that originate from small changes in the direction of 
spreading, so that transform movement is no longer 
exactly orthogonal to the ridge. Several small changes 
in spreading direction can give rise to episodic compres-
sion and extension affecting different parts of the frac-
ture zone. This has caused, for example, the emergence 
of parts of transverse ridges as islands, such as St Peter 
and St Paul rocks, and their subsequent subsidence 
(Bonatti & Crane, 1984).

Lowrie et al. (1986) have noted that, in some fracture 
zones, the scarp height may be preserved even after 
100 Ma. They accept that some parts of fracture 
zones are weak, characterized by active volcanism, and 
maintain the theoretical depths predicted for cooling 
lithosphere. Other parts, however, appear to be welded 
together and lock in their initial differential bathymetry. 
The differential cooling stresses would then cause 
fl exure of the lithosphere on both sides of the fracture 
zone. Future work will reveal if there is any systematic 
pattern in the distribution of strong and weak portions 
of fracture zones.

There are certain oceanic transform faults in which 
the direction of the fault plane does not correspond 
exactly to the direction of spreading on either side so 
that there is a component of extension across the fault. 
When this occurs the fault may adjust its trajectory so 
as to become approximately parallel to the spreading 
direction by devolving into a series of fault segments 
joined by small lengths of spreading center (Fig. 6.26). 
A fault system in which new crust originates is termed 
a leaky transform fault (Thompson & Melson, 1972; 
Taylor et al., 1994). An alternative mechanism for leaky 
transform fault development occurs when there is 
a small shift in the position of the pole of rotation 
about which the fault describes a small circle. The fault 
would then adjust to the new small circle direction by 
becoming leaky.
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7.1 INTRODUCTION

Continental rifts are regions of extensional deformation 
where the entire thickness of the lithosphere has 
deformed under the infl uence of deviatoric tension. 
The term “rift” thus applies only to major lithospheric 
features and does not encompass the smaller-scale 
extensional structures that can form in association with 
virtually any type of deformation.

Rifts represent the initial stage of continental 
break-up where extension may lead to lithospheric 
rupture and the formation of a new ocean basin. If 
it succeeds to the point of rupture the continental 
rift eventually becomes inactive and a passive or 
rifted continental margin forms. These margins 
subside below sea level as a result of isostatic com-
pensation of thinned continental crust and as the 
heat that was transferred to the plate from the asthe-
nosphere during rifting dissipates. However, not all 
rifts succeed to the point where new ocean crust is 
generated. Failed rifts, or aulacogens, become inactive 
during some stage of their evolution. Examples of 

failed rifts include the Mesozoic Connecticut Valley 
in the northeastern United States and the North Sea 
Basin.

Studies of active rifts show that their internal struc-
ture, history, and dimensions are highly variable 
(Ruppel, 1995). Much of this variability can be 
explained by differences in the strength and rheology 
of the lithosphere (Section 2.10) at the time rifting 
initiates and by processes that infl uence these proper-
ties as rifting progresses (Section 7.6.1). Where the 
lithosphere is thick, cool, and strong, rifts tend to form 
narrow zones of localized strain less than 100 km wide 
(Section 7.2). The Baikal Rift, the East African Rift 
system, and the Rhine Graben are examples of this 
type of rift (Fig. 7.1). Where the lithosphere is thin, 
hot, and weak, rifts tend to form wide zones where 
strain is delocalized and distributed across zones 
several hundreds of kilometers wide (Section 7.3). 
Examples of this type of rift include the Basin and 
Range Province and the Aegean Sea. Both varieties of 
rift may be associated with volcanic activity (Section 
7.4). Some rift segments, such as those in Kenya, 
Ethiopia, and Afar, are characterized by voluminous 
magmatism and the eruption of continental fl ood 

Figure 7.1 Shaded relief map showing selected tectonically active rifts. Map constructed using digital seafl oor 
topography of Smith & Sandwell, 1997, USGS Global 30 arc second elevation data (GTOPO30) for land areas (data 
available from USGS/EROS, Sioux Falls, SD, http://eros.usgs.gov/), and software provided by the Marine Geoscience 
Data System (http://www.marine-geo.org), Lamont-Doherty Earth Observatory, Columbia University. BR, Basin and 
Range; RG, Río Grande Rift; R, Rhine Graben; AG, Aegean Sea; B, Baikal Rift; E, Main Ethiopian Rift; A, Afar depression; K, 
Kenya Rift. Box shows location of Fig. 7.2.
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Figure 7.2 (a) Shaded relief map and geodynamic setting of the East African Rift system constructed using digital 
topography data and software cited in Fig. 7.1. White arrows indicate relative plate velocities. Black arrows indicate 
absolute plate motion in a geodetic, no-net-rotation (NNR) framework (Section 5.4). (b–e) Cross-sections showing fault 
and half-graben morphology (after compilation of Ebinger et al., 1999, with permission from the Royal Society of 
London). M, Manyara basin (from Foster et al., 1997); K, Karonga basin (from van der Beek et al., 1998); A, Albert basin 
(from Upcott et al., 1996); CB, Chew Bahir basin (from Ebinger & Ibrahim, 1994); EAP, East African Plateau; EP, 
Ethiopian Plateau; MER, Main Ethiopian rift; L, the length of the border fault.
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basalts. Others, such as the Western branch of the East 
African Rift system (Fig. 7.2) and the Baikal Rift, are 
magma starved and characterized by very small 
volumes of volcanic rock.

In this chapter, several well-studied examples of 
rifts and rifted margins are used to illustrate how 
strain and magmatism are distributed as rifting pro-
ceeds to sea fl oor spreading. The examples also show 
how geoscientists combine different data types and 
use spatial and temporal variations in the patterns of 
rifting to piece together the tectonic evolution of 
these features.

7.2 GENERAL 
CHARACTERISTICS OF 
NARROW RIFTS

Some of the best-studied examples of tectonically 
active, narrow intracontinental rifts occur in East 
Africa (Fig. 7.2). Southwest of the Afar triple junction, 
the Nubian and Somalian plates are moving apart at a 
rate of approximately 6–7 mm a−1 (Fernandes et al., 
2004). This divergent plate motion results in exten-
sional deformation that is localized into a series of 
discrete rift segments of variable age, including the 
Western Rift, the Eastern Rift, the Main Ethiopian Rift, 
and the Afar Depression. These segments display char-
acteristics that are common to rifts that form in rela-
tively strong, cool continental lithosphere. Key features 
include:

1 Asymmetric rift basins fl anked by normal faults. 
Continental rifts are associated with the 
formation of sedimentary basins that are 
bounded by normal faults. Most tectonically 
active rift basins show an asymmetric half 
graben morphology where the majority of the 
strain is accommodated along border faults 
that bound the deep side of the basins (Fig. 
7.2b–e). The polarity of these half grabens 
may change along the strike of the rift axis, 
resulting in a segmentation of the rift valley 
(Fig. 7.3a). In plan view, the border faults 
typically are the longest faults within each 
individual basin. Slip on these faults combined 

with fl exural isostatic compensation of the 
lithosphere (Section 7.6.4) leads to uplift of the 
rift fl anks, creating a characteristic asymmetric 
topographic profi le. The lower relief side 
of the basin may be faulted and exhibits a 
monocline that dips toward the basin center. 
Deposition during slip on the bounding 
normal faults produces sedimentary and 
volcanic units that thicken towards the fault 
plane (Fig. 7.3b). The age of these syn-rift 
units, as well as units that pre-date rifting, 
provide control on the timing of normal 
faulting and volcanism. In plan view, 
displacements decrease toward the tips of 
border faults where they interact with other 
faults bounding adjacent basins. Within these 
transfer zones faults may accommodate 
differential horizontal (including strike-slip) 
and vertical displacements between adjacent 
basins.

2 Shallow seismicity and regional tensional stresses. 
Beneath the axis of most continental rifts 
earthquakes generally are confi ned to the 
uppermost 12–15 km of the crust, defi ning a 
seismogenic layer that is thin relative to other 
regions of the continents (Section 2.12). Away 
from the rift axis, earthquakes may occur to 
depths of 30 km or more. These patterns 
imply that rifting and thinning locally weaken 
the crust and affect its mechanical behavior 
(Section 7.6).

 In Ethiopia, the record of seismicity from 1960 
to 2005 (Fig. 7.4a) shows that the majority of 
large earthquakes occur between the Afar 
Depression and the Red Sea. Analyses of 
seismic moment release for this period 
shows that more than 50% of extension 
across the Main Ethiopian Rift is 
accommodated aseismically (Hofstetter & 
Beth, 2003). The earthquakes show 
combinations of normal, oblique and strike-
slip motions. North of the Afar Depression, 
the horizontal component of most axes of 
minimum compressive stress strike to the 
north and northeast at high angles to the 
trend of the rift segments.

 Keir et al. (2006) used nearly 2000 earthquakes 
to determine seismicity patterns within 
the northern Ethiopian Rift and its fl anks 
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(Fig. 7.4b). Inside the rift, earthquake clusters 
parallel faults and volcanic centers in a series 
of 20 km wide, right-stepping zones of 
magmatism (Fig. 7.4c). Up to 80% of the 
total extensional strain is localized within 
these magmatic segments (Bilham et al., 

1999; Ebinger & Casey, 2001). The largest 
earthquakes typically occur along or near 
major border faults, although the seismicity 
data indicate that the border faults are mostly 
aseismic. Earthquakes are concentrated 
around volcanoes and fi ssures at depths of 
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less than 14 km (Fig. 7.4d), probably 
refl ecting magma movement in dikes. In the 
rift fl anks, seismic activity may refl ect fl exure 
of the crust (Section 7.6.4) as well as 
movement along faults. The orientation of 
the minimum compressive stress determined 
from earthquake focal mechanisms is 
approximately horizontal, parallel to an 
azimuth of 103°. This stress direction, like 
that in Afar, is consistent with determinations 
of extension directions derived from tension 
fractures in young <7000 year old lavas, 
geodetic measurements, and global plate 
kinematic data (Fig. 7.4c).

3 Local crustal thinning modifi ed by magmatic 
activity. Geophysical data indicate that 
continental rifts are characterized by thinning 
of the crust beneath the rift axis. Crustal 
thicknesses, like the fault geometries in rift 
basins, are variable and may be asymmetric. 
Thick crust may occur beneath the rift fl anks 
as a result of magmatic intrusions indicating 
that crustal thinning is mostly a local 
phenomenon (Mackenzie et al., 2005; Tiberi 
et al., 2005). Variations in crustal thickness 
may also refl ect inherited (pre-rift) structural 
differences.

 Mackenzie et al. (2005) used the results of 
controlled-source seismic refraction and 
seismic refl ection studies to determine 
the crustal velocity structure beneath the 
Adama Rift Basin in the northern part 
of the Main Ethiopian Rift (Fig. 7.5a). Their 
velocity model shows an asymmetric crustal 
structure with maximum thinning occurring 
slightly west of the rift valley. A thin low 
velocity layer (3.3 km s−1) occurs within the 
rift valley and thickens eastward from 1 to 
2.5 km. A 2–5-km-thick sequence of 
intermediate velocity (4.5–5.5 km s−1) 
sedimentary and volcanic rock lies below the 
low velocity layer and extends along the 
length of the profi le. Normal crustal 
velocities (Pn = 6.0–6.8 km s−1) occur to depths 
of 30–35 km except in a narrow 20–30 km 
wide region in the upper crust beneath the 
center of the rift valley where Pn velocities 

are 5–10% higher (>6.5 km s−1) than 
those outside the rift (Fig. 7.5a). These 
differences probably refl ect the presence of 
mafi c intrusions associated with magmatic 
centers. A nearly continuous intracrustal 
refl ector at 20–25 km depth and Moho depths 
of 30 km show crustal thinning beneath the 
rift axis. The western fl ank of the rift is 
underlain by a ∼45 km thick crust and 
displays a ∼15 km thick high velocity 
(7.4 km s−1) lower crustal layer. This 
layer is absent from the eastern side, 
where the crust is some 35 km thick. 
Mackenzie et al. (2005) interpreted the high 
velocity lower crustal layer beneath the 
western fl ank as underplated material 
associated with pre-rift Oligocene fl ood 
basalts and, possibly, more recent magmatic 
activity. Variations in intracrustal seismic 
refl ectivity also suggest the presence of 
igneous intrusions directly below the rift 
valley (Fig. 7.5b).

 Gravity data provide additional evidence 
that the crustal structure of rift zones is 
permanently modifi ed by magmatism 
that occurs both prior to and during 
rifting. In Ethiopia and Kenya, two long-
wavelength (>1000 km) negative Bouguer 
gravity anomalies coincide with two major 
∼2 km high topographic uplifts: the 
Ethiopian Plateau and the Kenya Dome, 
which forms part of the East African 
Plateau (Figs 7.2, 7.6a). The highest parts 
of the Ethiopian Plateau are more than 
3 km high. This great height results 
from the eruption of a large volume of 
continental fl ood basalts (Section 7.4) 
between 45 and 22 Ma, with the majority of 
volcanism coinciding with the opening of the 
Red Sea and Gulf of Aden at ∼30 Ma 
(Wolfenden et al., 2005). The negative gravity 
anomalies refl ect the presence of 
anomalously low density upper mantle and 
elevated geotherms (Tessema & Antoine, 
2004). In each zone, the rift valleys display 
short-wavelength positive Bouguer gravity 
anomalies (Fig. 7.6b) that refl ect the presence 
of cooled, dense mafi c intrusions (Tiberi et 
al., 2005).
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4 High heat fl ow and low velocity, low density 
upper mantle. Heat fl ow measurements 
averaging 70–90 mW m−2 and low seismic 
velocities in many rift basins suggest 
temperature gradients (50–100°C km−1) 
that are higher than those in the adjacent 
rift fl anks and nearby cratons. Where the 
asthenosphere is anomalously hot, such 

as in East Africa, domal uplifts and 
pervasive volcanism result. Nevertheless, 
there is a large degree of variability in 
temperature and volcanic activity among 
rifts. The Baikal Rift, for example, is much 
cooler. This rift displays low regional heat 
fl ow of 40–60 mW m−2 (Lysack, 1992) and 
lacks volcanic activity.
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In East Africa, relatively slow Pn wave velocities 
of 7.7 km s−1 in the upper mantle beneath the Adama 
Rift Basin in Ethiopia (Fig. 7.5a) suggest elevated 
temperatures (Mackenzie et al., 2005). Elsewhere 
upper mantle Pn wave velocities are in the range 
8.0–8.1 km s−1, which is expected for stable areas with 
normal heat fl ow. Tomographic inversion of P- and 
S-wave data (Fig. 7.7a–c) indicate that the low velocity 
zone below the rift is tabular, approximately 75 km 
wide, and extends to depths of 200–250 km (Bastow 
et al., 2005). The zone is segmented and offset away 
from the rift axis in the upper 100 km but becomes 

more central about the rift axis below this depth (Fig. 
7.7c). In the more highly extended northern section 
of Ethiopian Rift (Fig. 7.7d), the low velocity anomaly 
broadens laterally below 100 km and may be con-
nected to deeper low velocity structures beneath the 
Afar Depression (Section 7.4.3). This broadening of 
the low velocity zone is consistent with the propaga-
tion of the Main Ethiopian Rift, during Pliocene–
Recent times, toward the older spreading centers of 
the Red Sea and Gulf of Aden.

In addition to the high temperatures, the low 
velocity zones beneath rifts may also refl ect the 
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presence of partial melt. Observations of shear 
wave splitting and delay times of teleseismic waves 
traveling beneath the Kenya Rift (Ayele et al., 2004) 
and northern Ethiopian Rift (Kendall et al., 2005) 
suggest the alignment of partial melt in steep dikes 
within the upper 70–90 km of the lithosphere or 

the lattice preferred orientation of olivine in the 
asthenosphere as hot material fl ows laterally into 
the rift zone. These observations indicate that the 
upper mantle underlying rifts is characterized by 
low velocity, low density and anomalously high 
temperature material.

 1
0.

0
  9

.0
  8

.0

 37° E  38  39  40  41  42

(b) 75 km                               

Longitude

La
tit

ud
e

-2 -1 0 1 2

S-wave % velocity anomaly

 1
0.

0
  9

.0
  8

.0
 37° E  38  39  40  41  42

(a) 75 km                               

Longitude
La

tit
ud

e

-1.5 -0.8 0 0.8  1.5

P-wave % velocity anomaly

400

300

200

100

  0

D
ep

th
 (

km
)

 (  9° N,  37° E )  (  7° N,  41° E )

(c)                                     

400

300

200

100

  0

D
ep

th
 (

km
)

 ( 10.25° N,  38° E )  (  9° N,  42° E )

(d)                                     

A

A

A'

A' B'B

B'

B

Figure 7.7 Depth slices through (a) P-wave and (b) S-wave velocity models at 75 km depth in the Main Ethiopian Rift. 
(c,d) Vertical profi les through the P-wave velocity model (images provided by I. Bastow and modifi ed from Bastow 
et al., 2005, with permission from Blackwell Publishing). Heavy black lines in (a) and (b) are Pleistocene magmatic 
segments and mid-Miocene border faults (cf. Fig. 7.3). The locations of stations contributing to the tomographic 
inversions are shown with white squares in (a) and (b). Profi le locations shown in (a). Velocity scales in (c) and (d) are 
same as in (a).



162 CHAPTER 7

7.3 GENERAL 
CHARACTERISTICS OF 
WIDE RIFTS

One of the most commonly cited examples of a wide 
intracontinental rift is the Basin and Range Province of 
western North America (Fig. 7.1). In this region, large 
extensional strains have accumulated across a zone 
ranging in width from 500 to 800 km (Fig. 7.8). In the 
central part of the province, some 250–300 km of hori-
zontal extension measured at the surface has occurred 
since ∼16 Ma (Snow & Wernicke, 2000). In eastern 
Nevada and western Utah alone the amount of total 
horizontal surface extension is approximately 120–
150 km (Wernicke, 1992). These values, and the width 
of the zone over which the deformation occurs, greatly 

exceed those observed in narrow continental rifts 
(Section 7.2).

The Basin and Range example thus shows that con-
tinental lithosphere may be highly extended without 
rupturing to form a new ocean basin. This pattern is 
characteristic of rifts that form in relatively thin, hot, 
and weak continental lithosphere. Here, the key fea-
tures that distinguish wide rifts from their narrow rift 
counterparts are illustrated using the Basin and Range 
and the Aegean Sea provinces as examples:

1 Broadly distributed deformation. The Basin and 
Range Province is bounded on the west by the 
greater San Andreas Fault system and Sierra 
Nevada–Great Valley microplate and on the east 
by the Colorado Plateau (Figs 7.8, 7.9). Both 
the Sierra and the Plateau record comparatively 
low heat fl ow values (40–60 mW m−2) and 
virtually no Cenozoic extensional deformation 
(Sass et al., 1994; Bennett et al., 2003). In 
between these two rigid blocks Cenozoic 
deformation has resulted in a broad zone of 
linear, north-trending mountain ranges of 
approximately uniform size and spacing across 
thousands of square kilometers. The mountain 
ranges are about 15–20 km wide, spaced 
approximately 30 km apart, and are elevated 
∼1.5 km above the adjacent sedimentary 
basins. Most are delimited on one side by a 
major range-bounding normal fault. Some 
strike-slip faulting also is present. In the 
northern part of the province (latitude 40°N) 
roughly 20–25 basin-range pairs occur across 
750 km.

 The present day deformation fi eld of the Basin 
and Range is revealed by patterns of 
seismicity (Figs 7.8, 7.10) and horizontal 
velocity estimates (Fig. 7.11) derived 
from continuous GPS data (Section 5.8) 
(Bennett et al., 2003). The data show two 
prominent bands of high strain rate along 
the eastern side of the Sierra Nevada and the 
western side of the Colorado Plateau. These 
are the eastern California/central Nevada 
seismic belt and the Intermountain seismic 
belt, respectively (Fig. 7.9). Focal mechanisms 
(Fig. 7.10) indicate that the former 
accommodates both right lateral and 
normal displacements and the latter 
accommodates mostly normal motion. 
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In the intervening area, deformation is 
diffusely distributed and, in some places, 
absent from the current velocity fi eld. Three 
sub-provinces, designated the eastern, central 
and western Great basins, show distinctive 
patterns of strain (Fig. 7.9). Relative motion 
between the central Great Basin and 
Colorado Plateau occurs at a rate of 
2.8 mm a−1 and is partly accommodated by 
diffuse east–west extension across the eastern 
Great Basin. Relative motion between the 
Sierra Nevada–Great Valley and the central 
Great Basin occurs at a rate of 9.3 mm a−1 
toward N37°W and is accommodated by 
diffuse deformation across the western Great 
Basin (Section 8.5.2). The central Great Basin 
records little current internal deformation. 
Similar patterns of distributed deformation 
punctuated by zones of high strain rate 
occur in the extensional provinces of central 
Greece and the Aegean Sea (Goldsworthy 
et al., 2002).

 Two other zones of deformation in the Basin 
and Range have been defi ned on the basis of 
Middle Miocene–Recent geologic patterns. 
The Walker Lane (Fig. 7.9) displays mountain 
ranges of variable orientation and complex 

displacements involving normal faulting and 
both left lateral and right lateral strike-slip 
faulting. This belt overlaps with the Eastern 
California Shear Zone (Fig. 8.1 and Section 
8.5.2) to the south. Hammond & Thatcher 
(2004) reasoned that the concentration of 
right lateral motion and extension within the 
western Basin and Range results from weak 
lithosphere in the Walker Lane. Linear 
gradients in gravitational potential energy 
and viscosity also may concentrate the 
deformation (Section 7.6.3). Together these 
data suggest that the broad region of the 
Basin and Range currently accommodates 
some 25% of the total strain budget between 
the Pacifi c and North American plates 
(Bennett et al., 1999). The data also indicate 
that, at least currently, deformation in the 
Basin and Range involves a heterogeneous 
combination of normal and strike-slip 
displacements.

 The depth distribution of microearthquakes 
also shows that the Basin and Range 
Province is characterized by a seismogenic 
layer that is thin relative to other regions of 
the continent. Approximately 98% of events 
occur at depths less than 15 km for all of 
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represent the 95% confi dence level. Velocity estimates were derived from continuous GPS data from GPS networks in 
and around the northern Basin and Range. SAF, San Andreas Fault.



CONTINENTAL RIFTS AND RIFTED MARGINS 165

Utah (1962–1999) and 17 km for Nevada 
(1990–1999) (Pancha et al., 2006). This 
thickness of the seismogenic layer is similar 
to that displayed by most other rifts, 
including those in East Africa, except that in 
the Basin and Range it characterizes 
thousands of square kilometers of crust. The 
pattern implies that high geothermal 
gradients and crustal thinning have locally 
weakened a very large area.

 Because deformation is distributed over 
such a broad region, most of the major 
faults in the Basin and Range have recurrence 
times of several thousand years (Dixon 
et al., 2003). In the northern part of the 
province, several hundred faults show 
evidence of slip since 130 ka, yet 
contemporary seismicity and large historical 
earthquakes are clustered on only a few of 
them. This observation raises the possibility 
that a signifi cant portion of strain is 
accommodated by aseismic displacements. 
Niemi et al. (2004) investigated this possibility 
by combining geologic data from major 
faults with geodetic data in the eastern Great 
Basin. The results suggest that both data 
types defi ne a ∼350 km wide belt of east–
west extension over the past 130 ka. 
Reconciling deformation patterns measured 
over different timescales is a major area of 
research in this and most other zones of 
active continental tectonics.

2 Heterogeneous crustal thinning in previously 
thickened crust. Wide rifts form in regions where 
extension occurs in thick, weak continental 
crust. In the Basin and Range and the Aegean 
Sea the thick crust results from a history 
of convergence and crustal shortening that 
predates rifting. Virtually the entire western 
margin of North America was subjected to 
a series of compressional orogenies during 
Mesozoic times (Allmendinger, 1992). These 
events thickened sedimentary sequences that 
once formed part of a Paleozoic passive 
margin. The ancient margin is marked now by 
an elongate belt of shallow marine sediments 
of Paleozoic and Proterozoic age that thicken 
to the west across the eastern Great Basin and 
are deformed by thrust faults and folds of the 

Mesozoic Sevier thrust belt (Fig. 7.12). This 
deformation created a thick pile of weak 
sedimentary rocks that has contributed to a 
delocalization of strain (Section 7.6.1) during 
Cenozoic extension (Sonder & Jones, 1999). 
Some estimates place parts of the province at 
a pre-rift crustal thickness of 50 km, similar 
to that of the unextended Colorado Plateau 
(Parsons et al., 1996). Others have placed it at 
more than 50 km (Coney & Harms, 1984). 
This pre-extensional history is one of the most 
important factors that has contributed to a 
heterogeneous style of extensional deformation 
in the Basin and Range.

 The uniformity in size and spacing of normal 
faults in the Basin and Range, and the 
apparent uniform thickness of the 
seismogenic layer, at fi rst suggests that strain 
and crustal thinning, on average, might also 
be uniformly distributed across the province. 
However, this assertion is in confl ict with the 
results of geologic and geophysical surveys. 
Gilbert & Sheehan (2004) found Moho 
depths ranging from 30 to 40 km beneath the 
eastern Basin and Range (Plate 7.1a), with 
the thinnest crust occurring in northern 
Nevada and Utah (Plate 7.1b) and thicknesses 
of 40 km in southern Nevada (Plate 7.1c) 
(Plate 7.1a–c between pp. 244 and 245). Louie 
et al. (2004) also found signifi cant variations 
in Moho depths with the thinnest areas 
showing depths of only 19–23 km beneath 
the Walker Lane and northwest Nevada. This 
southward thickening of the crust coincides 
with variations in the pre-Cenozoic 
architecture of the lithosphere, including 
differences in age and pre-extensional 
thickness. Similar nonuniform variations in 
crustal thickness occur beneath the Aegean 
Sea (Zhu et al., 2006). These results illustrate 
that crustal thinning in wide rifts is 
nonuniform and, like narrow rifts, is strongly 
infl uenced by the pre-existing structure of 
the lithosphere.

 The nonuniformity of crustal thinning in the 
Basin and Range is expressed in patterns of 
faulting within the upper crust. The Death 
Valley region of eastern California contains 
some of the youngest examples of large-
magnitude extension in the world adjacent to 
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areas that record virtually no upper crustal 
strain. East–west extension beginning about 
∼16 Ma has resulted in ∼250 km of extension 
between the Sierras and the Colorado 
Plateau (Wernicke & Snow, 1998). The 
intervening region responded to this 
divergence by developing a patchwork of 
relatively unextended crustal blocks separated 
by regions strongly deformed by extension, 
strike-slip faulting, and contraction (Fig. 
7.13a). The heterogeneous distribution of 
extension is illustrated in Fig. 7.13b, which 
shows estimates of the thickness of the pre-
Miocene upper crust that remains after 
extension assuming an original thickness of 
15 km. In some areas, such as the Funeral 
and Black mountains, the upper crust has 
been dissected and pulled apart to such a 

degree that pieces of the middle crust are 
exposed (Snow & Wernicke, 2000).

 One of the most enigmatic characteristics of 
the Basin and Range Province involves local 
relationships between large-scale extension in 
the upper crust and the distribution of strain 
in the lower part of the crust. Some studies 
have shown that despite highly variable 
patterns of upper crustal strain, local crustal 
thickness appears to be surprisingly uniform 
(Gans, 1987; Hauser et al., 1987; Jones & 
Phinney, 1998). This result implies that large 
strains have been compensated at depth by 
lateral fl ow in a weak lower crust, which 
acted to smooth out any Moho topography 
(Section 7.6.3). Park & Wernicke (2003) used 
magnetotelluric data to show that this lateral 
fl ow and fl attening out of the Moho in the 
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Basin and Range probably occurred during 
the Miocene. By contrast, other regions, such 
as the Aegean Sea and the D’Entrecasteaux 
islands (Section 7.8.2), do not show this 
relationship, implying a more viscous lower 
crust that resists fl ow beneath highly 
extended areas.

3 Thin mantle lithosphere and anomalously high heat 
fl ow. Like most wide rifts, the Basin and Range 
is characterized by high surface heat fl ow, 
negative long-wavelength Bouguer gravity 
anomalies, and low crustal Pn and Sn velocities 
(Catchings & Mooney, 1991; Jones et al., 1992; 
Zandt et al., 1995; Chulick & Mooney, 2002). 
Regional topography in the Basin and Range 
also is unusually high with an average of 1.2 km 
above mean sea level. Low seismic velocities are 
discernible down to 300–400 km depth. Seismic 
tomographic models indicate that adiabatic 
mantle temperatures of 1300°C occur as 
shallow as 50 km under most of the province. 
For comparison, temperatures at 50–100 km in 
the cratonic mantle beneath the stable eastern 
part of North America are on average 500°C 
cooler than under the Basin and Range. All of 
these characteristics indicate a shallow 
asthenosphere and very thin, warm upper 
mantle (Goes & van der Lee, 2002).

 Temperatures at 110 km depth inferred 
from seismic velocity models suggest the 
presence of small melt and fl uid pockets in 
the shallow mantle beneath the Basin and 
Range (Goes & van der Lee, 2002). Warm, 
low-density subsolidus mantle also may 
contribute to the high average elevation and 
large-scale variations in topography of the 
region. Other factors contributing to the high 
elevations probably include isostatic effects 
caused by previously thickened continental 
crust and magmatic intrusions. However, a 
lack of correlation between crustal thickness 
variations and surface topography indicates 
that simple Airy isostasy is not at play and 
the high elevations across the southwestern 
United States must involve a mantle 
component (Gilbert & Sheehan, 2004).

 Volcanic activity is abundant, including 
eruptions that occurred both before 
and during extension. This activity is 

compatible with evidence of high heat fl ow, 
elevated geotherms, and shallow 
asthenosphere. Pre-rift volcanism is mostly 
calc-alkaline in composition. Magmatism 
that accompanied extension is mostly 
basaltic. Basalts from Nevada have an 
isotopic signature suggesting that they were 
derived from sublithospheric mantle. This 
pattern matches evidence of mantle 
upwelling beneath the rift (Savage & 
Sheehan, 2000).

4 Small- and large-magnitude normal faulting. Large 
extensional strains and thinning of the crust 
in wide rifts is partly accommodated by slip 
on normal faults. Two contrasting patterns 
are evident. First, the deformation can involve 
distributed normal faulting where a large 
number of more or less regularly spaced 
normal faults each accommodate a relatively 
small amount (<10 km) of the total extension. 
Second, the strain may be highly localized onto 
a relatively small number of normal faults that 
accommodate large displacements of several 
tens of kilometers. Both patterns are common 
and may occur during different stages of rift 
evolution.

 Many of the range-bounding normal faults in 
the Basin and Range record relatively small 
offsets. These structures appear similar to 
those that characterize narrow rift segments. 
Asymmetric half graben and footwall uplifts 
are separated by a dominant normal fault 
that accommodates the majority of the 
strain. The morphology of these features is 
governed by the elastic properties of the 
lithosphere (Section 7.6.4) and the effects of 
syn-rift sedimentation and erosion. The 
asymmetry of the half graben and the dips 
of the range-bounding faults also commonly 
change in adjacent basin-range pairs. Many 
of the tectonically active faults maintain 
steep dips (>45°) that may penetrate through 
the upper crust. However, unlike the border 
faults of East Africa, some of the range-
bounding faults of the Basin and Range 
exhibit geometries that involve low-angle 
extensional detachment faults. A few of these 
low-angle normal faults accommodate very 
large displacements and penetrate tens of 
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kilometers into the middle and, possibly, the 
lower crust.

 Extensional detachment faults are low-angle 
(<30°), commonly domed fault surfaces 
of large areal extent that accommodate 
displacements of 10–50 km (Axen, 2004). The 
footwalls of these faults may expose a thick 
(0.1–3 km) ductile shear zone that initially 
formed in the middle or lower crust and 
later evolved into a frictional (brittle) slip 
surface as it was unroofed during the 
extension (Wernicke, 1981). In the Basin and 
Range, these features characterize regions 
that have been thinned to such an extent 
(100–400% extension) that the upper crust 
has been completely pulled apart and 
metamorphic rocks that once resided in the 
middle and lower crust have been exhumed. 
These domed regions of deeply denuded 
crust and detachment faulting are the 
hallmarks of the Cordilleran extensional 
metamorphic core complexes (Crittenden et al., 
1980; Coney & Harms, 1984). Core 
complexes are relatively common in the 
Basin and Range (Figs 7.13, 7.14), although 
they are not unique to this province. Their 
ages are diverse with most forming during 
Late Oligocene–Middle Miocene time 
(Dickinson, 2002). Similar features occur in 
many other settings, including the southern 
Aegean Sea, in rifts that form above 
subduction zones, such as the 
D’Entrecasteaux Islands (Section 7.8.2), near 
oceanic spreading centers (Section 6.7), and 
in zones of extension within collisional 
orogens (Section 10.4.4).

 Most authors view core complexes as 
characteristic of regions where weak crustal 
rheologies facilitate lateral fl ow in the deep 
crust and, in some cases, the mantle, causing 
upper crustal extension to localize into 
narrow zones (Sections 7.6.2, 7.6.5). 
Nevertheless, the mechanics of slip on low-
angle normal faults is not well understood. 
Much of the uncertainty is centered on 
whether specifi c examples initially formed at 
low angles or were rotated from a steep 
orientation during deformation (Axen, 2004). 
The consensus is that both types probably 
occur (Section 7.8.2). Some low-angle, 

large-offset normal faults may evolve from 
high-angle faults by fl exural rotation (Section 
7.6.4). As the hanging wall is removed by slip 
on the fault, the footwall is mechanically 
unloaded and results in isostatic uplift and 
doming (Buck, 1988; Wernicke & Axen, 
1988). The doming can rotate the normal 
fault to gentler dips and lead to the 
formation of new high-angle faults.

 The variety of Cenozoic fault patterns 
that typify the Basin and Range is illustrated 
in Fig. 7.14, which shows a segment of the 
eastern Great Basin in Utah and eastern 
Nevada (Niemi et al., 2004). The 350 km long 
Wasatch Fault Zone is composed of multiple 
segments with the largest displaying dips 
ranging from 35° to 70° to the west. Its 
subsurface geometry is not well constrained 
but it probably penetrates at least through 
the upper crust. The Sevier Desert 
Detachment Fault dips 12° to the west and 
can be traced continuously on seismic 
refl ection profi les to a depth of at least 12–
15 km (Fig. 7.14b). The range-bounding 
Spring Valley and Egan Range faults 
penetrate to at least 20 km depth and possibly 
through the entire 30 km thickness of the 
crust at angles of ∼30°. The Snake Range 
Detachment also dips ∼30° through most of 
the upper crust. Large-magnitude extension 
along the Snake Range (Miller et al., 1999) 
and Sevier Desert (Stockli et al., 2001) 
detachment faults began in Early Miocene 
time and Late Oligocene or Early Miocene 
time, respectively. In most areas, high-angle 
normal faults are superimposed on these 
older structures. 

7.4 VOLCANIC 
ACTIVITY

7.4.1 Large igneous provinces

Many rifts and rifted margins (Section 7.7.1) are associ-
ated with the subaerial eruption of continental fl ood 
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basalts. These eruptions represent one major subcate-
gory of a broad group of rocks known as Large Igneous 
Provinces (LIPs).

Large Igneous Provinces are massive crustal emplace-
ments of mostly mafi c extrusive and intrusive rock that 
originated from processes different from normal sea 
fl oor spreading. LIPs may cover areas of up to several 
million km2 and occur in a wide range of settings. 
Within oceanic plates, LIPs form oceanic plateaux such 
as Kerguelen and Ontong Java (Fig. 7.15). This latter 
example occupies an area two-thirds that of Australia. 
The Siberian and Columbia River basalts are examples 
that have erupted in the interior of continental plates. 
In East Africa, the Ethiopian and Kenyan fl ood basalts 
are associated with active continental rifting and the 
Deccan Traps in India and the Karoo basalts in southern 
Africa were emplaced near rifted continental margins. 
This diversity indicates that not all LIPs are associated 
with zones of extension. Within rifts their eruption can 
occur synchronously with rifting or million of years 

prior to or after the onset of extension (Menzies et al., 
2002).

Estimation of the total volumes of lava in LIPs is 
complicated by erosion, dismemberment by sea fl oor 
spreading, and other tectonic processes that postdate 
their eruption. The Hawaiian Islands are well studied in 
this respect. Seismic data have shown that beneath the 
crust is a zone of rocks with a particularly high seismic 
velocity, which is probably derived from the same 
mantle source as the surface volcanic rocks. For Hawaii 
a basic relationship exists between velocity structure 
and the total volume of igneous rock (Coffi n & 
Eldholm, 1994). This relationship has been applied to 
other LIPs to determine their volumes. For example, 
the Columbia River basalts are composed of 1.3 million 
km3, whereas the Ontong Java Plateau is composed of 
at least 27 million km3 of volcanic rock and possibly 
twice this amount (Section 5.5). These values are much 
higher than the continental fl ood basalts of East Africa. 
In Kenya the total volume of fl ood basalts has been 

 LIPs
Rifted volcanic margins
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KERG

COLR
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Figure 7.15 Map showing global distribution of Large Igneous Provinces (modifi ed from Coffi n & Edholm, 1994, by 
permission of the American Geophysical Union. Copyright © 1994 American Geophysical Union). Rifted volcanic 
margins are from Menzies et al. (2002). Labeled LIPs: Ethiopian fl ood basalts (ETHI); Deccan traps (DECC); Siberian 
basalts (SIBE); Kerguelen plateau (KERG); Columbia River basalts (COLR); Ontong Java (ONTO); North Atlantic igneous 
province (NAIP).



172 CHAPTER 7

estimated at approximately 924,000 km3 (Latin et al., 
1993). In Ethiopia (Fig. 7.16), layers of basaltic and felsic 
rock reach thickness of >2 km with a total volume esti-
mated at 350,000 km3 (Mohr & Zanettin, 1988). The 
eruption of such large volumes of mafi c magma has 
severe environmental consequences, such as the forma-
tion of greenhouse gases, the generation of acid rain, 
and changes in sea level (Coffi n & Eldholm, 1994; Ernst 
et al., 2005). The eruptions also make signifi cant contri-
butions to crustal growth.

Some LIPs appear to form very quickly. For many 
continental fl ood volcanics, 70–80% of the basaltic rock 
erupted in less than 3 million years (Menzies et al., 
2002). Geochronologic studies have shown that the 
main fl ood event in Greenland (Tegner et al., 1998), the 
Deccan Traps (Hofmann et al., 2000), and the bulk of 
the Ethiopian Traps (Hofmann et al., 1997) all erupted 
in less than one million years. Nevertheless, this latter 
example (Section 7.2) also shows that pulses of volca-
nism between 45 and 22 Ma contributed to the forma-
tion of the fl ood basalts in the Afar region. Submarine 
plateaux probably formed at similar rates, although less 
information is available from these types of LIPs. The 
North Atlantic Province and Ontong Java Plateau 

formed in less than 3 Ma and the Kerguelen Plateau in 
4.5 Ma. Most of the volcanic activity occurred in short, 
violent episodes separated by long periods of relative 
quiescence. Estimates of the average rates of forma-
tion, which include the periods of quiescence, are 12–
18 km3 a−1 for the Ontong Java Plateau and 2–8 km3 a−1 
for the Deccan Traps. Ontong Java’s rate of emplace-
ment may have exceeded the contemporaneous global 
production rate of the entire mid-ocean ridge system 
(Coffi n & Eldholm, 1994).

The outpouring of large volumes of mafi c magma 
in such short periods of time requires a mantle source. 
This characteristic has encouraged interpretations 
involving deep mantle plumes (Sections 5.5, 12.10), 
although the existence and importance of these fea-
tures are debated widely (Anderson & Natland, 2005). 
Mantle plumes may form large oceanic plateaux and 
some continental fl ood basalts also may be attributed 
to them. Beneath the Ethiopian Plateau and the 
Kenya Dome (in the East African Plateau), extensive 
volcanism and topographic uplift appear to be the 
consequences of anomalously hot asthenosphere 
(Venkataraman et al., 2004). The isotopic characteris-
tics of the volcanic rock and the large volume of 
mafi c lava erupted over a short period of time 
(Hofmann et al., 1997; Ebinger & Sleep, 1998) suggest 
that a plume or plumes below the uplifts tap deep 
undegassed mantle sources (Marty et al., 1996; Furman 
et al., 2004). As the deep plumes ascend they undergo 
decompression melting with the amount of melt 
depending on the ambient pressure (Section 7.4.2). 
Consequently, less melting is expected under thick 
continental lithosphere than under thick oceanic litho-
sphere. Nevertheless, the sources of magma that gen-
erated many LIPs are not well understood and it is 
likely that no single model explains them all. Ernst et 
al. (2005) review the many aspects of LIP research and 
models of their formation, including links to ore 
deposits (Section 13.2.2).

7.4.2 Petrogenesis of rift rocks

The geochemistry of mafi c volcanic rocks extruded at 
continental rifts provides information on the sources 
and mechanisms of magma generation during rifting. 
Rift basalts typically are enriched in the alkalis (Na2O, 
K2O, CaO), large ion lithophile elements (LILE) such 
as K, Ba, Rb, Sr, Pb2+ and the light rare earths, and 
volatiles, in particular CO2 and the halogens. Tholeiitic 
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Figure 7.16 Map showing the location of Cenozoic 
fl ood basalts of the Ethiopian Plateau and East African 
Plateau (Kenya Dome) (after Macdonald et al., 2001, by 
permission of Oxford University Press).
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fl ood basalts also are common and may be associated 
with silicic lavas, including rhyolite. Observations in 
East Africa indicate that a continuum of mafi c rocks 
generally occurs, including alkaline, ultra-alkaline, 
tholeiitic, felsic, and transitional compositions (Fig. 
7.17a). This diversity refl ects both the compositional 
heterogeneity of mantle source regions and processes 
that affect the genesis and evolution of mafi c 
magma.

There are three ways in which the mantle may 
melt to produce basaltic liquids beneath rifts. First, 
melting may be accomplished by heating the mantle 
above the normal geotherm (Fig. 7.18a). Perturbations 
in the geotherm could be related to the vertical trans-
fer of heat by deep mantle plumes. It is probable, for 
example, that the volcanism and topographic uplift 
associated with the Ethiopian and East African pla-
teaux refl ect anomalously hot mantle. Investigations 
of Pn wave attenuation beneath the Eastern branch of 
the East African Rift suggest sublithospheric tempera-
tures that are signifi cantly higher than those in the 
ambient mantle (Venkataraman et al., 2004). A second 
mechanism for melting the mantle is to lower the 

ambient pressure (Fig. 7.18b). The ascent of hot 
mantle during lithospheric stretching (Section 7.6.2) or 
the rise of a mantle plume causes a reduction in pres-
sure that leads to decompression melting at a variety 
of depths, with the degree of melting depending on 
the rate of ascent, the geotherm, the composition of 
the mantle, and the availability of fl uids. A third 
mechanism of melting involves the addition of vola-
tiles, which has the effect of lowering the solidus tem-
perature. All three of these mechanisms probably 
contribute to generation of basaltic melts beneath 
continental rifts.

Once formed, the composition of mafi c magmas 
may be affected by partial melting. This process results 
in the separation of a liquid from a solid residue, which 
can produce a variety of melt compositions from a 
single mantle source. Primary mafi c melts also tend to 
fractionate, whereby crystals are physically removed 
from melts over a wide range of crustal pressures, 
resulting in suites of compositionally distinctive rocks. 
Current models generally favor fractional crystalliza-
tion of basaltic melts in shallow magma chambers 
as the dominant process that generates rhyolite. 

Figure 7.17 (a) Total alkali-silica diagram showing the geochemical characteristics of lavas from Ethiopia (after 
Kieffer et al., 2004, by permission of Oxford University Press). Dashed line separates alkaline from tholeiitic basalts. Rare 
earth element (b) and spider diagram (c) showing a typical alkaline oceanic island basalt (OIB) and a typical tholeiitic 
mid-ocean ridge basalt (MORB) (from Winter, John D., An Introduction to Igneous and Metamorphic Petrology, 1st 
edition © 2001, p. 195. Reprinted by permission of Pearson Education, Inc., Upper Saddle River, NJ).
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Compositional variability also refl ects the assimilation 
of crustal components and magma mixing. The bimodal 
basalt-rhyolite eruptions are thought to refl ect combi-
nations of mantle and silica-rich crustal melts.

A comparison of trace element concentrations and 
isotopic characteristics indicates that basalts generated 
in continental rifts are broadly similar to those of 
oceanic islands (Section 5.5). Both rock types preserve 
evidence of a mantle source enriched in incompatible 
trace elements, including the LILE, and show relatively 
high radiogenic strontium (87Sr/86Sr) and low neodym-
ium (143Nd/144Nd) ratios. These patterns are quite differ-
ent to those displayed by mid-ocean ridge basalts, which 
are depleted in incompatible trace elements (Fig. 
7.17b,c) and display low strontium and high neodym-
ium ratios. Trace elements are considered incompatible 
if they are concentrated into melts relative to solid 
phases. Since it is not possible to explain these differ-
ences in terms of the conditions of magma genesis and 
evolution, the mantle from which these magmas are 
derived must be heterogeneous. In general, the asthe-
nosphere is recognized as depleted in incompatible ele-
ments, but opinions diverge over whether the enriched 
sources originate above or below the asthenosphere. 
Undepleted mantle plumes offer one plausible source 
of enriched mantle material. Enrichment also may 
result from the trapping of primitive undepleted asthe-
nosphere at the base of the lithosphere or the diffusion 
of LILE-rich volatiles from the asthenosphere or deeper 
mantle into the lithosphere.

On the basis of trace element concentrations and 
isotopic characteristics, Macdonald et al. (2001) inferred 

that mafi c magmas in the Eastern branch of the East 
African Rift system were derived from at least two 
mantle sources, one of sublithospheric origin similar to 
that which produces ocean island basalts and one within 
the subcontinental lithosphere. Contributions from the 
subcontinental mantle are indicated by xenoliths of 
lithospheric mantle preserved in lavas, distinctive rare 
earth element patterns, and by the mineralogy of basal-
tic rock. In southern Kenya, the presence of amphibole 
in some mafi c lavas implies a magma source in the 
subcontinental lithosphere rather than the astheno-
sphere (le Roex et al., 2001; Späth et al., 2001). This 
conclusion is illustrated in Fig. 7.19 where the experi-
mentally determined stability fi eld of amphibole is 
shown together with a probable continental geotherm 
and adiabats corresponding to normal asthenospheric 
mantle and a 200°C hotter mantle plume. It is only in 
the comparatively cool lithospheric mantle that typical 
hydrous amphibole can exist. The additional require-
ment of garnet in the source, which is indicated by 
distinctive rare earth element patterns, constrains the 
depth of melting to 75–90 km. These and other studies 
show that the generation of lithospheric melts is 
common in rifts, especially during their early stages of 
development. They also indicate that the identifi cation 
of melts derived from the subcontinental lithosphere 
provides a potentially useful tool for assessing changes 
in lithospheric thickness during rifting.

In addition to compositional variations related to 
source regions, many authors have inferred systematic 
relationships between basalt composition and the depth 
and amount of melting in the mantle beneath rifts 
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(Macdonald et al., 2001; Späth et al., 2001). Tholeiitic 
basalts originate from relatively large amounts of melting 
at shallow mantle depths of 50 km or less. Transitional 
basalts are produced by less melting at intermediate 
depths and highly alkaline magmas originate at even 
greater depths (100–200 km) by relatively small amounts 
of melting. These relationships, and the general evolu-
tion of mafi c magmas toward mid-oceanic ridge compo-
sitions as rifting progresses to sea fl oor spreading, imply 
a decrease in the depth of melting and a coincident 
increase in the amount of melting with time. In support 
of this generalization, tomographic images from East 
Africa show the presence of small melt fractions in rela-
tively thick mantle lithosphere below juvenile rift seg-
ments, such as those in northern Tanzania and Kenya 
(Green et al., 1991; Birt et al., 1997). Larger melt fractions 
occur at shallower depths beneath more mature rift seg-
ments, such as those in northern Ethiopia and the Afar 
Depression (Bastow et al., 2005). However, as discussed 
below, compositional trends in basaltic lavas erupted at 
continental rifts may not follow a simple progression, 
especially prior to lithospheric rupture.

Although there may be broad trends of decreasing 
alkalinity with time, defi ning systematic compositional 

trends in basalts is often diffi cult to achieve at the local 
and regional scales. For example, attempts to document 
a systematic decrease in the degree of lithospheric con-
tamination as rifting progresses have proven elusive. 
Such a decrease might be expected if, as the lithosphere 
thins and eventually ruptures, melts from the sublitho-
spheric mantle begin to penetrate the surface without 
signifi cant interaction with lithosphere-derived melts. 
However, studies in Kenya and Ethiopia show no sys-
tematic temporal or spatial patterns in the degree of 
lithospheric contamination in rift basalts (Macdonald 
et al., 2001). This indicates that rift models involving the 
progressive evolution of alkaline magmas toward more 
tholeiitic magmas during the transition to sea fl oor 
spreading are too simplistic. Instead, the data suggest 
that the full compositional range of mafi c melts can 
coexist in continental rifts and that magma genesis may 
involve multiple sources at any stage of the rifting 
process. Tholeiites, for example, commonly are present 
during all stages of rifting and can precede the genera-
tion of alkaline and transitional basalts.

7.4.3 Mantle upwelling 
beneath rifts

The three-dimensional velocity structure of the upper 
mantle beneath rifts can be ascertained using teleseis-
mic travel-time delays and seismic tomography. Davis 
& Slack (2002) modeled these types of data from 
beneath the Kenya Dome using two Gaussian surfaces 
that separate undulating layers of different velocities 
(Plate 7.2 between pp. 244 and 245). An upper layer 
(mesh surface) peaks at the Moho beneath the rift valley 
and has a velocity contrast of −6.8% relative to 8 km s−1 
mantle. A lower layer (grayscale surface) peaks at about 
70 km depth and has a −11.5% contrast extending to a 
depth of about 170 km. This model, which is in good 
agreement with the results of seismic refraction studies, 
shows a domal upper mantle structure with sides that 
dip away from the center of the Kenya Rift. The authors 
suggested that this structure results from the separation 
of upwelling asthenosphere into currents that impinge 
on the base of the lithosphere and form a low velocity, 
low density zone of melting between 70 and 170 km 
depth.

Park & Nyblade (2006) used teleseismic P-wave 
travel times to image the upper mantle beneath the 
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Eastern branch of the East African Rift system to depths 
of 500 km. They found a steep-sided, west-dipping low 
velocity anomaly that is similar to the one modeled by 
Davis & Slack (2002) above 160 km depth. Below this 
depth, the anomaly broadens to the west indicating a 
westerly dip. Similar structures have been imaged below 
Tanzania (Ritsema et al., 1998; Weeraratne et al., 2003) 
and parts of Ethiopia (Benoit et al., 2006). Bastow et al. 
(2005) found that a tabular (75 km wide) low velocity 
zone below southern Ethiopia broadens at depths of 
>100 km beneath the more highly extended northern 
section of the rift (Fig. 7.7c,d). The anomalies are most 
pronounced at ∼150 km depth. These broad, dipping 
structures are diffi cult to reconcile with models of a 
simple plume with a well-defi ned head and tail. Instead 
they appear to be more consistent with either multiple 
plumes or tomographic models (Plate 7.3 between pp. 
244 and 245) where the hot asthenosphere connects to 
a broad zone of anomalously hot mantle beneath 
southern Africa.

In the deep mantle below South Africa, Ritsema et 
al. (1999) imaged a broad (4000 by 2000 km2 area) low 
velocity zone extending upward from the core–mantle 
boundary and showed that it may have physical links to 
the low velocity zones in the upper mantle beneath East 
Africa (Plate 7.3 between pp. 244 and 245). The tilt of 
the deep velocity anomaly shows that the upwelling is 
not vertical. Between 670 and 1000–km depth the 
anomaly weakens, suggesting that it may be obstructed. 
These observations support the idea that anomalously 
hot asthenosphere beneath Africa is related in some way 
to this broad deep zone of upwelling known as the 
African superswell (Section 12.8.3). Nevertheless, a con-
sensus on the location, depth extent and continuity of 
hot mantle material below the East African Rift system 
has yet to be reached (cf. Montelli et al., 2004a).

A comparison of the mantle structure beneath rifts 
in different settings indicates that the size and strength 
of mantle upwellings are highly variable. Achauer & 
Masson (2002) showed that in relatively cool rifts, such 
as the Baikal Rift and the southern Rhine Graben, low 
velocity zones are only weakly negative (−2.5% relative 
to normal mantle P-wave velocities) and occur mostly 
above depths of 160 km. In these relatively cool settings, 
the low velocity zones in the uppermost mantle show 
no continuation to deeper levels (>160 km) and no 
broadening of an upwelling asthenosphere with depth 
below the rift. In still other settings, such as the Rio 
Grande rift, low velocity zones in the upper mantle may 
form parts of small-scale convection cells where upwell-

ing occurs beneath the rift and downwelling beneath its 
margins (Gao et al., 2004).

7.5 RIFT INITIATION

Continental rifting requires the existence of a horizon-
tal deviatoric tensional stress that is suffi cient to break 
the lithosphere. The deviatoric tension may be caused 
by stresses arising from a combination of sources, 
including: (i) plate motions; (ii) thermal buoyancy forces 
due to asthenospheric upwellings; (iii) tractions at the 
base of the lithosphere produced by convecting asthe-
nosphere; and/or (iv) buoyancy (gravitational) forces 
created by variations in crustal thickness (Huismans et 
al., 2001). These stresses may be inherited from a previ-
ous tectonic regime or they may develop during exten-
sion. Full rupture of the lithosphere leading to the 
formation of a new ocean basin only occurs if the avail-
able stresses exceed the strength of the entire litho-
sphere. For this reason lithospheric strength is one of 
the most important parameters that governs the forma-
tion and evolution of continental rifts and rifted 
margins.

The horizontal force required to rupture the entire 
lithosphere can be estimated by integrating yield stress 
with respect to depth. The integrated yield stress, or 
lithospheric strength, is highly sensitive to the geother-
mal gradient as well as to crustal composition and 
crustal thickness (Section 2.10.4). A consideration of 
these factors suggests that a force of 3 × 1013 N m−1 may 
be required to rupture lithosphere with a typical heat 
fl ow value of 50 mW m−2 (Buck et al., 1999). In areas 
where lithosphere exhibits twice the heat fl ow, such as 
in the Basin and Range Province, it may take less than 
1012 N m−1 (Kusznir & Park, 1987; Buck et al., 1999). 
Several authors have estimated that the tectonic forces 
available for rifting are in the range 3–5 × 1012 N m−1 
(Forsyth & Uyeda, 1975; Solomon et al., 1975). If correct, 
then only initially thin lithosphere or lithosphere with 
heat fl ow values greater than 65–70 mW m−2 is expected 
to undergo signifi cant extension in the absence of any 
other weakening mechanism (Kusznir & Park, 1987). 
Elsewhere, magmatic intrusion or the addition of water 
may be required to suffi ciently weaken the lithosphere 
to allow rifting to occur.

Another important factor that controls whether 
rifting occurs, is the mechanism that is available to 
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accommodate the extension. At any depth, deviatoric 
tension can cause yielding by faulting, ductile fl ow, or 
dike intrusion, depending on which of these processes 
requires the least amount of stress. For example, if a 
magma source is available, then the intrusion of basalt 
in the form of vertical dikes could permit the litho-
sphere to separate at much lower stress levels than is 
possible without the diking. This effect occurs because 
the yield stress that is required to allow basaltic dikes to 
accommodate extension mostly depends on the density 
difference between the lithosphere and the magma 
(Buck, 2004). By contrast, the yield stresses required to 
cause faulting or ductile fl ow depend upon many other 
factors that result in yield strengths that can be up to an 
order of magnitude greater than those required for 

lithospheric separation by diking (Fig. 7.20). High 
temperatures (>700°C) at the Moho, such as those that 
can result from the thermal relaxation of previously 
thickened continental crust, also may contribute to 
the tectonic forces required for rift initiation. For 
high Moho temperatures gravitational forces become 
increasingly important contributors to the stresses 
driving rifting.

Finally, the location and distribution of strain at the 
start of rifting may be infl uenced by the presence of 
pre-existing weaknesses in the lithosphere. Contrasts in 
lithospheric thickness or in the strength and tempera-
ture of the lithosphere may localize strain or control 
the orientations of rifts. This latter effect is illustrated 
by the change in orientation of the Eastern branch of 
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the East African Rift system where the rift axis meets 
the cool, thick lithospheric root of the Archean 
Tanzanian craton (Section 7.8.1). The Tanzanian 
example suggests that lateral heterogeneities at 
the lithosphere–asthenosphere boundary rather than 
shallow level structures in the crust are required to 
signifi cantly alter rift geometry (Foster et al., 1997).

7.6 STRAIN 
LOCALIZATION AND 
DELOCALIZATION 
PROCESSES

7.6.1 Introduction

The localization of strain into narrow zones during 
extension is achieved by processes that lead to a mechan-
ical weakening of the lithosphere. Lithospheric weaken-
ing may be accomplished by the elevation of geotherms 
during lithospheric stretching, heating by intrusions, 
interactions between the lithosphere and the astheno-
sphere, and/or by various mechanisms that control the 
behavior of faults and shear zones during deformation. 
Working against these strain softening mechanisms are 
processes that promote the mechanical strengthening 
of the lithosphere. Lithospheric strengthening may be 
accomplished by the replacement of weak crust by 
strong upper mantle during crustal thinning and by the 
crustal thickness variations that result from extension. 
These and other strain hardening mechanisms promote 
the delocalization of strain during rifting. Competition 
among these mechanisms, and whether they result in a 
net weakening or a net strengthening of the lithosphere, 
controls the evolution of deformation patterns within 
rifts.

To determine how different combinations of litho-
spheric weakening and strengthening mechanisms 
control the response of the lithosphere to extension, 
geoscientists have developed physical models of rifting 
using different approaches. One approach, called kine-
matic modeling, involves using information on the geom-
etry, displacements, and type of strain to make 
predictions about the evolution of rifts and rifted 

margins. Figures 7.4c, 7.10, and 7.11 illustrate the data 
types that frequently are used to generate these types 
of models. Among the most common kinematic exam-
ples are the pure shear (McKenzie, 1978), the simple shear 
(Wernicke, 1985), and the crustal delamination (Lister et 
al., 1986) models of extension (Fig. 7.21). The predic-
tions from these models are tested with observations of 
subsidence and uplift histories within rifts and rifted 
margins, and with information on the displacement pat-
terns recorded by faults and shear zones. This approach 
has been used successfully to explain differences in the 
geometry of faulting and the history of extension 
among some rifts and rifted margins. However, one 
major limitation of kinematic modeling is that it does 
not address the underlying causes of these differences. 
By contrast, mechanical models employ information 
about the net strength of the lithosphere and how it 
changes during rifting to test how different physical 
processes affect rift evolution. This latter approach 
permits inhomogeneous strains and a quantitative eval-
uation of how changes to lithospheric strength and rhe-
ology infl uence rift behavior. The main physical 
processes involved in rifting and their effects on the 
evolution of the lithosphere are discussed in this 
section.
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Figure 7.21 Kinematic models of continental extension 
(after Lister et al., 1986, with permission from the 
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7.6.2 Lithospheric stretching

During horizontal extension, lithospheric stretching 
results in a vertical thinning of the crust and an increase 
in the geothermal gradient within the zone of thinning 
(McKenzie, 1978). These two changes in the physical 
properties of the extending zone affect lithospheric 
strength in contrasting ways. Crustal thinning or necking 
tends to strengthen the lithosphere because weak crustal 
material is replaced by strong mantle lithosphere as the 
latter moves upward in order to conserve mass. The 
upward movement of the mantle also may result in 
increased heat fl ow within the rift. This process, called 
heat advection, results in higher heat fl ow in the rift 
because the geotherms become compressed rather than 
through any addition of heat. The compressed geo-
therms tend to result in a net weakening of the litho-
sphere, whose integrated strength is highly sensitive to 
temperature (Section 2.10). However, the weakening 
effect of advection is opposed by the diffusion of heat 
away from the zone of thinning as hot material comes 
into contact with cooler material. If the rate of heat 
advection is faster than the rate of thermal diffusion and 
cooling then isotherms at the base of the crust are 
compressed, the geotherm beneath the rift valley 
increases, and the integrated strength of the lithosphere 
decreases. If thermal diffusion is faster, isotherms 
and crustal temperatures move toward their pre-rift 
confi guration and lithospheric weakening is inhibited.

England (1983) and Kusznir & Park (1987) showed 
that the integrated strength of the lithosphere in rifts, 
and competition between cooling and heat advection 
mechanisms, is strongly infl uenced by the rate of exten-
sion. Fast strain rates (10−13 s−1 or 10−14 s−1) result in larger 
increases in geothermal gradients than slow rates 
(10−16 s−1) for the same amount of stretching. This effect 
suggests that high strain rates tend to localize strain 
because ineffi cient cooling keeps the thinning zone 
weak, allowing deformation to focus into a narrow 
zone. By contrast, low strain rates tend to delocalize 
strain because effi cient cooling strengthens the litho-
sphere and causes the deformation to migrate away 
from the center of the rift into areas that are more easily 
deformable. The amount of net lithospheric weakening 
or strengthening that results from any given amount of 
stretching also depends on the initial strength of the 
lithosphere and on the total amount of extension. The 
total amount of thinning during extension usually is 
described by the stretching factor (β), which is the ratio 

of the initial and fi nal thickness of the crust (McKenzie, 
1978).

The thermal and mechanical effects of lithospheric 
stretching at different strain rates are illustrated in Fig. 
7.22, which shows the results of two numerical experi-
ments conducted by van Wijk & Cloetingh (2002). In 
these models, the lithosphere is divided into an upper 
crust, a lower crust, and a mantle lithosphere that have 
been assigned different rheological properties (Fig. 
7.22a). Figures 7.22b–d show the thermal evolution 
of the lithosphere for uniform extension at a rate of 
16 mm a−1. At this relatively fast rate, heating by thermal 
advection outpaces thermal diffusion, resulting in 
increased temperatures below the rift and strain local-
ization in the zone of thinning. As the crust thins, 
narrow rift basins form and deepen. Changes in stretch-
ing factors for the crust (β) and mantle (δ) are shown in 
Fig. 7.22e,f. The total strength of the lithosphere (Fig. 
7.22g), obtained by integrating the stress fi eld over the 
thickness of the lithosphere, gradually decreases with 
time due to stretching and the strong temperature 
dependence of the chosen rheologies. Eventually, at 
very large strains, the thermal anomaly associated with 
rifting is expected to dissipate. These and many other 
models of rift evolution that are based on the principles 
of lithospheric stretching approximate the subsidence 
patterns measured in some rifts and at some rifted con-
tinental margins (van Wijk & Cloetingh, 2002; Kusznir 
et al., 2004) (Section 7.7.3).

The experiment shown in Fig. 7.22h–j shows the 
evolution of rift parameters during lithospheric stretch-
ing at the relatively slow rate of 6 mm a−1. During the 
fi rst 30 Ma, deformation localizes in the center of the 
rift where the lithosphere is initially weakened as iso-
therms and mantle material move upward. However, in 
contrast with the model shown in Fig. 7.22b–d, tem-
peratures begin to decrease with time due to the effi -
ciency of conductive cooling at slow strain rates. Mantle 
upwelling in the zone of initial thinning ceases and the 
lithosphere cools as temperatures on both sides of the 
central rift increase. At the same time, the locus of thin-
ning shifts to both sides of the fi rst rift basin, which does 
not thin further as stretching continues. The mantle 
thinning factor (Fig. 7.22l) illustrates this behavior. 
During the fi rst 45 Ma, upwelling mantle causes δ to be 
larger in the central rift than its surroundings. After this 
time, δ decreases in the central rift as new upwelling 
zones develop on its sides. The total strength of the 
lithosphere (Fig. 7.22m) for this low strain rate model 
shows that the central rift is weakest until about 55 Ma. 



Figure 7.22 (a) Three-layer lithospheric model where the base of the lithosphere is defi ned by the 1300°C isotherm at 
120 km. Differential stress curves show a strong upper crust and upper mantle and a lower crust that weakens with 
depth. Thermal evolution of the lithosphere (b–d) during stretching for a horizontal extensional velocity of 16 mm a−1. 
Evolution of lithospheric strength (g) and of thinning factors for the crust (e) and mantle (f) for a velocity of 16 mm a−1. 
Thermal evolution of the lithosphere (h–j) during stretching for a velocity of 6 mm a−1. Evolution of lithospheric strength 
(m) and of thinning factors for the crust (k) and mantle (l) for a velocity of 6 mm a−1 (image provided by J. van Wijk and 
modifi ed from van Wijk & Cloetingh, 2002, with permission from Elsevier).
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After this time the weakest areas are found on both sides 
of the central rift basin. This model shows how the 
strong dependence of lithospheric strength on temper-
ature causes strain delocalization and the formation of 
wide rifts composed of multiple rift basins at slow strain 
rates. The model predicts that continental break-up will 
not occur for suffi ciently slow rift velocities.

7.6.3 Buoyancy forces and 
lower crustal fl ow

In addition to crustal thinning and the compression of 
geotherms (Section 7.6.2), lithospheric stretching results 
in two types of buoyancy forces that infl uence strain 
localization during rifting. First, lateral variations in 
temperature, and therefore density, between areas 
inside and outside the rift create a thermal buoyancy force 
that adds to those promoting horizontal extension (Fig. 
7.23). This positive reinforcement tends to enhance 
those aspects of lithospheric stretching (Section 7.6.2) 
that promote the localization of strain. Second, a crustal 
buoyancy force is generated by local (Airy) isostatic 
effects as the crust thins and high density material is 
brought to shallow levels beneath the rift (Fleitout & 
Froidevaux, 1982). Because the crust is less dense than 
the underlying mantle, crustal thinning lowers surface 
elevations in the center of the rift (Fig. 7.23). This sub-
sidence places the rift into compression, which opposes 

the forces driving extension. The opposing force makes 
it more diffi cult to continue deforming in the same 
locality, resulting in a delocalization of strain as the 
deformation migrates into areas that are more easily 
deformable (Buck, 1991).

Several processes may either reduce or enhance the 
effects of crustal buoyancy forces during lithospheric 
stretching. Buck (1991) and Hopper & Buck (1996) 
showed that where the crust is initially thin and cool, 
and the mantle lithosphere is relatively thick, the overall 
strength (the effective viscosity) of the lithosphere 
remains relatively high under conditions of constant 
strain rate (Fig. 7.24a). In this case, the effects of crustal 
buoyancy forces are reduced and the thermal effects of 
lithospheric necking are enhanced. Narrow rifts result 
because the changes in yield strength and thermal buoy-
ancy forces that accompany lithospheric stretching 
dominate the force balance, causing extensional strains 
to remain localized in the region of necking. By con-
trast, where the crust is initially thick and hot, and the 
mantle lithosphere is relatively thin, the overall strength 
of the lithosphere remains relatively low. In this case, 
crustal buoyancy forces dominate because the amount 
of possible weakening due to lithospheric necking is 
relatively small, resulting in strain delocalization and 
the formation of wide zones of rifting (Fig. 7.24b) as 
the necking region migrates to areas that require less 
force to deform. These models illustrate how crustal 
thickness and the thermal state of the lithosphere at the 
start of rifting greatly infl uence the style of extension.
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Figure 7.23 Schematic diagram illustrating thermal and crustal buoyancy forces generated during rifting. A and 
B represent vertical profi les outside and inside the rift valley, respectively. Pressure and temperature as a function 
of depth for each profi le are shown to the right of sketch (modifi ed from Buck, 1991,by permission of the American 
Geophysical Union. Copyright © 1991 American Geophysical Union). Differences in profi les generate lateral buoyancy 
forces.
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Figure 7.24 Sketches of the lithosphere illustrating three modes of extension emphasizing the regions undergoing the 
greatest amount of extensional strain (modifi ed from Buck, 1991, by permission of the American Geophysical Union. 
Copyright © 1991 American Geophysical Union). (a) Narrow mode, (b) wide mode, (c) core complex mode. Lithosphere 
is defi ned as areas with effective viscosities of >1021 Pa s−1. The plots to the right of each sketch show initial model 
geotherms, yield strengths (for a strain rate of 8 × 10−15 s−1) and effective viscosities for a dry quartz crust overlying a dry 
olivine mantle. From top to bottom the crustal thicknesses are 30 km, 40 km, and 50 km. Qs, initial surface heat fl ow. 
(c) shows layers labeled at two scales: the upper crust and lower crust labels on the left side of diagram show a weak, 
deforming lower crust (shaded); the lithosphere and asthenosphere labels on the right side of diagram show a scale 
emphasizing that the zone of crustal thinning (shaded column) is localized into a relatively narrow zone of weak 
lithosphere.
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Models of continental extension that emphasize 
crustal buoyancy forces incorporate the effects of ductile 
fl ow in the lower crust. Buck (1991) and Hopper & Buck 
(1996) showed that the pressure difference between 
areas inside and outside a rift could cause the lower crust 
to fl ow into the zone of thinning if the crust is thick and 
hot. Effi cient lateral fl ow in a thick, hot, and weak lower 
crust works against crustal buoyancy forces by relieving 
the stresses that arise from variations in crustal thick-
ness. This effect may explain why the present depth of 
the Moho in some parts of the Basin and Range Prov-
ince, and therefore crustal thickness, remains fairly 
uniform despite the variable amounts of extension 
observed in the upper crust (Section 7.3). In cases where 
low yield strengths and fl ow in the lower crust alleviate 
the effects of crustal buoyancy, the zone of crustal thin-
ning can remain fi xed as high strains build up near the 
surface. Buck (1991) and Hopper & Buck (1996) defi ned 
this latter style of deformation as core complex-mode 
extension (Fig. 7.24c). Studies of fl ow patterns in ancient 
lower crust exposed in metamorphic core complexes 
(e.g. Klepeis et al., 2007) support this view.

The relative magnitudes of the thermal and crustal 
buoyancy forces may be affected by two other param-
eters: strain rate and strain magnitude. Davis & Kusznir 
(2002) showed that the strain delocalizing effects of the 

crustal buoyancy force are important at low strain rates, 
when thermal diffusion is relatively effi cient (e.g. Fig. 
7.22h–j), and after long (>30 Myr) periods of time. In 
addition, thermal buoyancy forces may dominate over 
crustal buoyancy forces immediately after rifting when 
strain magnitudes are relatively low. This latter effect 
occurs because variations in crustal thicknesses are rela-
tively small at low stretching (β) factors. This study, and 
the work of Buck (1991) and Hopper & Buck (1996), 
suggests that shifts in the mode of extension are 
expected as continental rifts evolve through time and 
the balance of thermal and crustal forces within the 
lithosphere changes.

7.6.4 Lithospheric fl exure

Border faults that bound asymmetric rift basins with 
uplifted fl anks are among the most common features in 
continental rifts (Fig. 7.25). Some aspects of this char-
acteristic morphology can be explained by the elastic 
response of the lithosphere to regional loads caused by 
normal faulting.

Plate fl exure (Section 2.11.4) describes how the 
lithosphere responds to long-term (>105 years) geo-
logic loads. By comparing the fl exure in the vicinity of 
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Figure 7.25 Generalized form of an asymmetric rift basin showing border fault in (a) cross-section and (b) plan view 
(after Ebinger et al., 1999, with permission from the Royal Society of London). Line of section (A–A′) shown in (b). 
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different types of load it has been possible to estimate 
the effective long-term elastic thickness (Te) of continen-
tal lithosphere (Section 2.12) using forward models of 
topography and gravity anomaly profi les (Weissel & 
Karner, 1989; Petit & Ebinger, 2000). The value of Te in 
many rifts, such as the Basin and Range, is low (4 km) 
due to the weakening effects of high geothermal gradi-
ents. However, in other rifts, including those in East 
Africa and in the Baikal Rift, the value of Te exceeds 
30 km in lithosphere that is relatively strong (Ebinger et 
al., 1999). The physical meaning of Te, and its relation-
ship to the thickness (Ts) of the seismogenic layer, is the 
subject of much discussion. Rheological considerations 
based on data from experimental rock mechanics 
suggest that Te refl ects the integrated brittle, elastic, and 
ductile strength of the lithosphere. It, therefore, is 
expected to differ from the seismogenic layer thickness, 
which is indicative of the depth to which short term 
(periods of years) anelastic deformation occurs as 
unstable frictional sliding (Watts & Burov, 2003). For 
these reasons, Te typically is larger than Ts in stable 
continental cratons and in many continental rifts.

The defl ection of the crust by slip on normal faults 
generates several types of vertical loads. A mechanical 
unloading of the footwall occurs as crustal material in 
the overlying hanging wall is displaced downward and 
the crust is thinned. This process creates a buoyancy 
force that promotes surface uplift. Loading of the 
hanging wall may occur as sediment and volcanic mate-
rial are deposited into the rift basin. These loads combine 
with those that are generated during lithospheric 
stretching (Section 7.6.2). Loads promoting surface 
uplift are generated by increases in the geothermal gra-
dient beneath a rift, which leads to density contrasts. 
Loads promoting subsidence may be generated by the 
replacement of thinned crust by dense upper mantle 
and by conductive cooling of the lithosphere if thermal 
diffusion outpaces heating.

Weissel & Karner (1989) showed that fl exural iso-
static compensation (Section 2.11.4) following the 
mechanical unloading of the lithosphere by normal 
faulting and crustal thinning leads to uplift of the rift 
fl anks. The width and height of the uplift depend upon 
the strength of the elastic lithosphere and, to a lesser 
extent, on the stretching factor (β) and the density of 
the basin infi ll. Other factors may moderate the degree 
and pattern of the uplift, including the effects of erosion, 
variations in depth of lithospheric necking (van der 
Beek & Cloetingh, 1992; van der Beek, 1997) and, pos-
sibly, small-scale convection in the underlying mantle 

(Steckler, 1985). Ebinger et al. (1999) showed that 
increases in the both Te and Ts in several rift basins in 
East Africa and elsewhere systematically correspond to 
increases in the length of border faults and rift basin 
width. As the border faults grow in size, small faults 
form to accommodate the monoclinal bending of the 
plate into the depression created by slip on the border 
fault (Fig. 7.25). The radius of curvature of this bend is 
a measure of fl exural rigidity. Strong plates result in a 
narrow deformation zone with long, wide basins and 
long border faults that penetrate deeper into the crust. 
Weak plates result in a very broad zone of deformation 
with many short, narrow basins and border faults that 
do not penetrate very deeply. These studies suggest that 
the rheology and fl exural rigidity of the upper part of 
the lithosphere control several primary features of rift 
structure and morphology, especially during the fi rst 
few million years of rifting. They also suggest that the 
crust and upper mantle may retain considerable strength 
in extension (Petit & Ebinger, 2000).

Lithospheric fl exure also plays an important role 
during the formation of large-magnitude normal faults 
(Section 7.3). Large displacements on both high- and 
low-angle fault surfaces cause isostatic uplift of the foot-
wall as extension proceeds, resulting in dome-shaped 
fault surfaces (Buck et al., 1988; Axen & Bartley, 1997; 
Lavier et al., 1999; Lavier & Manatschal, 2006). Lavier 
& Manatschal (2006) showed that listric fault surfaces 
whose dip angle decreases with depth (i.e. concave 
upward faults) are unable to accommodate displace-
ments large enough (>10 km) to unroof the deep crust. 
By contrast, low-angle normal faults whose dips increase 
with depth (i.e. concave downward faults) may unroof 
the deep crust effi ciently and over short periods of time 
if faulting is accompanied by a thinning of the middle 
crust and by the formation of serpentinite in the lower 
crust and upper mantle. The thinning and serpentini-
zation weaken the crust and minimize the force re-
quired to bend the lithosphere upward during faulting, 
allowing large magnitudes of slip.

7.6.5 Strain-induced 
weakening

Although differences in the effective elastic thickness 
and fl exural strength of the lithosphere (Section 7.6.4) 
may explain variations in the length of border faults and 
the width of rift basins, they have been much less 
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successful at explaining another major source of vari-
ability in rifts: the degree of strain localization in faults 
and shear zones. In some settings normal faulting is 
widely distributed across large areas where many faults 
accommodate a relatively small percentage of the total 
extension (Section 7.3). However, in other areas or at 
different times, extension may be highly localized on 
relatively few faults that accommodate a large percent-
age of the total extension. Two approaches have been 
used to explain the causes of this variability. The fi rst 
incorporates the effects of a strain-induced weakening 
of rocks that occurs during the formation of faults and 
shear zones. A second approach, discussed in Section 
7.6.6, shows how vertical contrasts in the rheology of 
crustal layers affect the localization and delocalization 
of strain during extension.

In order for a normal fault to continue to slip as the 
crust is extended it must remain weaker than the sur-
rounding rock. As discussed in Section 7.6.4, the defl ec-
tion of the crust by faulting changes the stress fi eld 
surrounding the fault. Assuming elastic behavior, 
Forsyth (1992) showed that these changes depend on 
the dip of the fault, the amount of offset on the fault, 
and the inherent shear strength or cohesion of the faulted 
material. He argued that the changes in stresses by 
normal faulting increase the yield strength of the layer 
and inhibit continued slip on the fault. For example, slip 
on high-angle faults create surface topography more 
effi ciently than low-angle faults, so more work is 
required for large amounts of slip on the former than 
on the latter. These processes cause an old fault to be 
replaced with a new one, leading to a delocalization of 
strain. Buck (1993) showed that if the crust is not elastic 
but can be described with a fi nite yield stress (elastic-
plastic), then the amount of slip on an individual fault 
for a given cohesion depends on the thickness of the 
elastic-plastic layer. In this model the viscosity of the 
elastic-plastic layer is adjusted so that it adheres to the 
Mohr–Coulomb criterion for brittle deformation 
(Section 2.10.2). For a brittle layer thickness of >10 km 
and a reasonably low value of cohesion a fault may slip 
only a short distance (a maximum of several kilome-
ters) before a new one replaces it. If the brittle layer is 
very thin, then the offset magnitude can increase 
because the increase in yield strength resulting from 
changes in the stress fi eld due to slip is small.

Although layer thickness and its inherent shear 
strength play an important role in controlling fault pat-
terns, a key process that causes strain localization and 
may lead to the formation of very large offset (tens of 

kilometers) faults is a reduction in the cohesion of the 
faulted material. During extension, cohesion can be 
reduced by a number of factors, including increased 
fl uid pressure (Sibson, 1990), the formation of fault 
gouge, frictional heating (Montési & Zuber, 2002), 
mineral transformations (Bos & Spiers, 2002), and 
decreases in strain rate (Section 2.10). Lavier et al. (2000) 
used simple two-layer models to show that the forma-
tion of a large-offset normal fault depends on two 
parameters: the thickness of the brittle layer and the rate 
at which the cohesion of the layer is reduced during 
faulting (Plate 7.4a,b between pp. 244 and 245). The 
models include an upper layer of uniform thickness 
overlying a ductile layer having very little viscosity. In the 
ductile layer the yield stress is strain-rate- and tempera-
ture-dependent following dislocation creep fl ow laws 
(Section 2.10.3). In the upper layer brittle deformation is 
modeled using an elastic-plastic rheology. The results 
show that where the brittle layer is especially thick 
(>22 km) extension always leads to multiple normal 
faults (Plate 7.4c between pp. 244 and 245). In this case 
the width of the zone of faulting is equivalent to the 
thickness of the brittle layer. However, for small brittle 
layer thicknesses (<22 km), the fault pattern depends on 
how fast cohesion is reduced during deformation (Plate 
7.4d,e between pp. 244 and 245). To obtain a single large-
offset fault, the rate of weakening must be high enough 
to overcome the resistance to continued slip on the fault 
that results from fl exural bending.

These studies provide some insight into how layer 
thickness and the loss of cohesion during faulting 
control the distribution of strain, its symmetry, and the 
formation of large-offset faults. However, at the scale of 
rifts, other processes also impact fault patterns. In ductile 
shear zones changes in mineral grain size may promote 
a switch from dislocation creep to grain-size-sensitive 
diffusion creep (Section 2.10.3), which can reduce the 
yield strengths of layers in the crust and mantle. In addi-
tion, the rate at which a viscous material fl ows has an 
important effect on the overall strength of the material. 
The faster it fl ows, the larger the stresses that are gener-
ated by the fl ow and the stronger the material becomes. 
This latter process may counter the effects of cohesion 
loss during faulting and could result in a net strengthen-
ing of the lithosphere by increasing the depth of the 
brittle–ductile transition (Section 2.10.4). At the scale 
of the lithosphere, it therefore becomes necessary to 
examine the interplay among the various weakening 
mechanisms in both brittle and ductile layers in order to 
reproduce deformation patterns in rifts.
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Huismans & Beaumont (2003, 2007) extended the 
work of Lavier et al. (2000) by investigating the effects 
of strain-induced weakening in both brittle (frictional-
plastic) and ductile (viscous) regimes on deformation 
patterns in rifts at the scale of the lithosphere and over 
time periods of millions of years. This study showed 
that strain softening in the crust and mantle can produce 
large-offset shear zones and controls the overall sym-
metry of the deformation. Figure 7.26a shows a simple 
three-layer lithosphere where brittle deformation is 
modeled by using a frictional-plastic rheology that, as 
in most physical experiments, is adjusted so that it 
adheres to the Mohr–Coulomb failure criterion. Ductile 
deformation is modeled using a thermally activated 
power law rheology. During each experiment, ambient 
conditions control whether the deformation is fric-
tional-plastic (brittle) or viscous (ductile). Viscous fl ow 
occurs when the state of stress falls below the frictional-
plastic yield point. Variations in the choice of crustal 
rheology also allow an investigation of cases where the 
crust is either coupled or decoupled to the mantle lith-
osphere. Coupled models involve deformation that is 
totally within the frictional-plastic regime. Decoupled 
models involve a moderately weak viscous lower crust. 
Strain-induced weakening is specifi ed by linear changes 
in the effective angle of internal friction (Section 2.10.2) 
for frictional-plastic deformation and in the effective 
viscosity for viscous deformation. The deformation is 
seeded using a small plastic weak region.

A reference model (Fig. 7.26b,c) shows how a sym-
metric style of extensional deformation results when 
strain softening is absent. An early phase of deformation 
is controlled by two conjugate frictional-plastic shear 
zones (S1A/B) that are analogous to faults and two 
forced shear zones in the mantle (T1A/B). During a 
subsequent phase of deformation, second generation 
shear zones develop and strain in the mantle occurs as 
focused pure shear necking beneath the rift axis. Figures 
7.26d and e show the results of another model where 
frictional-plastic (brittle) strain softening occurs and the 
resulting deformation is asymmetric. An initial stage is 
very similar to the early stages of the reference model, 
but at later times strain softening focuses deformation 
into one of the conjugate faults (S1B). The asymmetry 
is caused by a positive feedback between increasing 
strain and the strength reduction that results from a 
decreased angle of internal friction (Section 2.10.2). 
Large displacements on the S2A and T1B shear zones cut 
out a portion of the lower crust (LC) at point C (Fig. 7.26, 
insert) and begin to exhume the lower plate. By 40 Ma, a 

symmetric necking of the lower lithosphere and contin-
ued motion on the asymmetric shear zones results in the 
vertical transport of point P until mantle lithosphere is 
exposed. The model shown in Fig.7.26f and g combines 
both frictional-plastic and viscous weakening mecha-
nisms. The early evolution is similar to that shown in Fig. 
7.26d, except that S1B continues into the ductile mantle. 
The two softening mechanisms combine to make defor-
mation asymmetric at all levels of the lithosphere where 
displacements are mostly focused onto one shear zone. 
These models show how a softening of the dominant 
rheology in either frictional-plastic or viscous layers 
infl uences deformation patterns in rifts through a posi-
tive feedback between weakening and increased strain.

The effect of strain-dependent weakening on fault 
asymmetry also is highly sensitive to rift velocity. This 
sensitivity is illustrated in the models shown in Fig. 7.27. 
The fi rst model (Fig. 7.27a) is identical to that shown in 
Fig. 7.26d and e except that the velocity is decreased by 
a factor of fi ve to 0.6 mm a−1. Reducing the velocity has 
the effect of maintaining the thickness of the frictional-
plastic layer, which results in deformation that is more 
strongly controlled by the frictional regime than that 
shown in Fig. 7.26e. The overall geometry matches a 
lithospheric-scale simple shear model (cf. Fig. 7.21b) in 
which the lower plate has been progressively uplifted 
and exhumed beneath a through-going ductile shear 
zone that remains the single major weakness during 
rifting. By contrast, a velocity that is increased to 
100 mm a−1 (Fig. 7.27b) results in deformation that is 
more strongly controlled by viscous fl ow at the base of 
the frictional layer than that in the model involving slow 
velocities. However, at high velocities the strain soften-
ing does not develop in part because of the high viscous 
stresses that result from high strain rates. The model 
shows no strong preference for strain localization on 
one of the frictional fault zones. The deformation 
remains symmetrical as the ductile mantle undergoes 
narrow pure shear necking. These results suggest that 
increasing or decreasing rift velocities can either 
promote or inhibit the formation of large asymmetric 
structures because varying the rate changes the domi-
nant rheology of the deforming layers.

These experiments illustrate the sensitivity of defor-
mation patterns to strain-induced weakening mecha-
nisms during faulting and ductile fl ow. The results 
suggest that extension is most likely to be asymmetric 
in models that include frictional-plastic fault zone weak-
ening mechanisms, a relatively strong lower crust, and 
slow rifting velocities. However, before attempting to 
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Figure 7.26 (a) Model geometry showing temperature structure of the crust, mantle lithosphere and sublithospheric 
mantle (images provided by R. Huismans and modifi ed from Huismans & Beaumont, 2003, by permission of the 
American Geophysical Union. Copyright © 2003 American Geophysical Union). Initial (solid lines) and strain softened 
(dashed lines) strength envelopes are shown for an imposed horizontal extensional velocity of Vext = 3 mm a−1, with Vb 

chosen to achieve mass balance. Decoupling between crust and mantle is modeled using a wet quartzite rheology for 
the lower crust. (b,c) Reference model of extension when strain softening is absent. Models of extension involving (d,e) 
frictional-plastic (brittle) strain softening and (f,g) both frictional-plastic and viscous weakening mechanisms. Models 
in (b–g) show a subdivision of the crust and mantle into an upper and lower crust, strong frictional upper mantle 
lithosphere, ductile lower lithosphere, and ductile sublithospheric mantle. Scaling of quartz viscosity makes the three 
upper layers frictional-plastic in all models shown. t, time elapsed in millions of years; Δx, amount of horizontal 
extension. Vertical and horizontal scales are in kilometers. Vext = 3 mm a−1 for every model.
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apply these results to specifi c natural settings, it is 
important to realize that the effects of strain-induced 
weakening can be suppressed by other mechanisms that 
affect the rheology of the lithosphere. For example, a 
comparison of two models, one incorporating a weak 
lower crust (Fig. 7.27c) and the other a strong lower 
crust (Fig. 7.27d), illustrates how a weak crust can 
diminish crustal asymmetry. This suppression occurs 
because conjugate frictional shears that develop during 
rifting sole out in the weak ductile lower crust where 
they propagate laterally beneath the rift fl anks. As 
rifting progresses, viscous fl ow in a weak lower crust 
results in a nearly symmetric ductile necking of the 
lower lithosphere. These examples show that the degree 
of rift asymmetry depends not only on strain softening 
mechanisms and rifting velocities, but also on the 
strength of the lower crust.

7.6.6 Rheological stratifi cation 
of the lithosphere

In most quantitative models of continental rifting, the 
lithosphere is assumed to consist of multiple layers that 

are characterized by different rheologies. (Section 
2.10.4). This vertical stratifi cation agrees well with the 
results from both geophysical investigations of conti-
nental lithosphere and with the results of laboratory 
experiments that reveal the different behaviors of crust 
and mantle rocks over a range of physical conditions. 
In the upper part of the lithosphere strain is accom-
modated by faulting when stress exceeds the frictional 
resistance to motion on fault planes. In the ductile 
layers, strain is described using temperature-dependent 
power law rheologies that relate stress and strain-rate 
during fl ow (Section 2.10.3). Using these relationships, 
experimentally derived friction and fl ow laws for crustal 
and mantle rocks can be incorporated into models of 
rifting. This approach has allowed investigators to study 
the effects of a rheological stratifi cation of the litho-
sphere on strain localization and delocalization pro-
cesses during extension, including the development of 
large-offset normal faults (Sections 7.3, 7.6.4). The sen-
sitivity of strain patterns to the choice of crustal rheol-
ogy for different initial conditions are illustrated below 
using three different physical models of continental 
rifting.

Behn et al. (2002) explored how the choice of crustal 
rheology affects the distribution of strain within the 
lithosphere during extension using a simple two-layer 
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Figure 7.27 Models of extension involving frictional-plastic (brittle) strain softening at (a) low extensional velocities 
(Vext = 0.6 mm a−1) and (b) high extensional velocities (Vext = 100 mm a−1). Models also show rift sensitivity to (c) a weak 
and (d) a strong middle and lower crust at Vext = 3 mm a−1 (images provided by R. Huismans and modifi ed from 
Huismans & Beaumont, 2007, with permission from the Geological Society of London). t, time elapsed in millions of 
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model composed of an upper crustal layer and a lower 
mantle layer (Fig. 7.28a). These authors incorporated a 
strain-rate softening rheology to model brittle behavior 
and the development of fault-like shear zones. Ductile 
deformation was modeled using temperature-
dependent fl ow laws that describe dislocation creep in 
the crust and mantle. Variations in the strength (effec-
tive viscosity) of the crust at any given temperature 
and strain rate are defi ned by material parameters that 
are derived from rock physics experiments. The use of 
several fl ow laws for rocks with different mineralogies 
and water contents allowed the authors to classify the 
rheologies as either weak, intermediate, or strong. Vari-
ations in crustal thickness and thermal structure were 
added to a series of models to examine the interplay 
among these parameters and the different rheologies. 
The results show that when crustal thickness is small, 
so that no ductile layer develops in the lower crust, 
deformation occurs mostly in the mantle and the width 
of the rift is controlled primarily by the vertical geother-
mal gradient (Fig. 7.28b,f). By contrast, when the crustal 
thickness is large the stress accumulation in the upper 
crust becomes much greater than the stress accumula-
tion in the upper mantle (Fig. 7.28c,d). In these cases 
the deformation becomes crust-dominated and the 
width of the rift is a function of both crustal rheology 
and the vertical geothermal gradient (Fig. 7.28e,f).

Figure 7.28e illustrates the effects of the strong, inter-
mediate and weak crustal rheologies on rift morphology 
(half-width). The models predict the same rift half-width 
for mantle-dominated deformation. However, the transi-
tion between mantle- and crust-dominated deformation 
begins at a slightly larger crustal thickness for the strong 
rheology than for the intermediate or weak rheologies. 
In addition, the strong crustal rheology results in a rift 
half-width for the crust-dominated regime that is ∼1.5 
times greater than the value predicted by the intermedi-
ate rheology and ∼4 times greater than that predicted by 
the weak rheology. Figure 7.28f summarizes the com-
bined effects of crustal thickness, crustal rheology, and 
a vertical geothermal gradient on rift half-width. These 
results illustrate that the evolution of strain patterns 
during lithospheric stretching is highly sensitive to the 
choice of crustal rheology, especially in situations where 
the crust is relatively thick.

A similar sensitivity to crustal rheology was observed 
by Wijns et al. (2005). These authors used a simple two-
layer crustal model where a plastic yield law controlled 
brittle behavior below a certain temperature and the 
choice of temperature gradient controlled the transi-
tion from a brittle upper crust into a ductile lower crust. 

This formulation and a 20-km-thick upper crust lying 
above a 40-km-thick lower crust allowed them to inves-
tigate how a mechanically stratifi ed crust infl uenced 
fault spacing and the distribution of strain during exten-
sion. They found that the ratio of the integrated strength 
of the upper and lower crust governs the degree of 
strain localization on fault zones. When this ratio is 
small, such that the lower crust is relatively strong, 
extension results in widely distributed, densely spaced 
faults with a limited amount of slip on each fault. By 
contrast, a large strength ratio between the upper and 
lower crust, such that the lower crust is very weak, 
causes extension to localize onto relatively few faults 
that accommodate large displacements. In this latter 
case, the large-offset faults dissect the upper crust and 
exhume the lower crust, leading to the formation of 
metamorphic core complexes (Section 7.3). Wijns et al. 
(2005) also concluded that secondary factors, such as 
fault zone weakening and the relative thicknesses of the 
upper and lower crust (Section 7.6.5), determine the 
exact value of the critical ratio that controls the transi-
tion between localized and delocalized extension.

The results of Wijns et al. (2005), like those obtained 
by Behn et al. (2002), suggest that a weak lower crust 
promotes the localization of strain into narrow zones 
composed of relatively few faults. This localizing behav-
ior refl ects the ability of a weak lower crust to fl ow and 
transfer stress into the upper crust, which may control 
the number of fault zones that are allowed to develop. 
This interpretation is consistent with fi eld studies of 
deformation and rheology contrasts in ancient lower 
crust exposed in metamorphic core complexes (e.g. 
Klepeis et al. 2007). It is also consistent with the results 
of Montési & Zuber (2003), who showed that for a 
brittle layer with strain localizing properties overlying a 
viscous layer, the viscosity of the ductile layer controls 
fault spacing. In addition, a weak lower crust allows 
fault blocks in the upper crust to rotate, which can 
facilitate the dissection and dismemberment of the 
upper crust by faulting.

Lastly, a third numerical model of rifting illustrates 
how the interplay among strain-induced weakening, 
layer thickness, and rheological contrasts can infl uence 
deformation patterns in a four-layer model of the litho-
sphere. Nagel & Buck (2004) constructed a model that 
consisted of a 12-km-thick brittle upper crust, a rela-
tively strong 10-km-thick lower crust, a thin (3 km) weak 
mid-crustal layer, and a 45-km-thick upper mantle (Fig. 
7.29a). The model incorporates temperature-dependent 
power law rheologies that determine viscous behavior 
in the crust and mantle. The mantle and upper and 
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Figure 7.28 (a) Model setup for numerical simulations of lithospheric stretching. The transition from mantle- to crust-
dominated deformation is illustrated by (b), (c), and (d), which show the deformation grid after 1% total strain for a 
crustal thickness (Tc) of 6, 12 and 27 km, respectively. Grayscale indicates the magnitude of shear stress on left and 
normalized strain-rate on right. C and M mark the base of the crust and top of the mantle, respectively. (e) Effect of 
crustal thickness on predicted rift half-width. (f) Effect of vertical geothermal gradient on predicted rift half-width 
(images provided by M. Behn and modifi ed from Behn et al., 2002, with permission from Elsevier). Each point in (e) and 
(f) represents an experiment. Black, strong; gray, intermediate; and white, weak rheology.
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lower crust also follow the Mohr–Coulomb failure cri-
terion and cohesion loss during faulting is included. 
The model also incorporates a predefi ned bell-shaped 
thermal perturbation at its center that serves to localize 
deformation at the beginning of extension. The hori-
zontal thermal gradient created by this perturbation, 
and the predetermined vertical stratifi cation, control 
the mechanical behavior of the lithosphere during 
rifting.

As extension begins, the upper mantle and lower crust 
undergo localized necking in the hot, weak center of the 
rift. Deformation in the upper crust begins as a single 
graben forms above the area of necking in the lower crust 
and mantle and subsequently evolves into an array of 
parallel inward dipping normal faults. The faults root 
down into the weak mid-crustal layer where distributed 
strain in the upper crust is transferred into the necking 
area in the strong lower parts of the model (Fig. 7.29b,c). 

Figure 7.29 Model of symmetric rifting (images provided by T. Nagel and modifi ed from Nagel & Buck, 2004, with 
permission from the Geological Society of America). (a) Model setup. (b) Total strain and (c) distribution of upper, 
middle and lower crust and mantle after 25, 47 and 78 km of extension. Solid black lines, active zones of deformation; 
dashed lines, inactive zones; thin black lines, brittle faults; thick black lines, ductile shear zones.
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After ∼25 km of extension, the lower crust pulls apart 
and displacements on the normal faults lead the col-
lapse and dismemberment of the upper crust at the 
margins of the rift. Mantle material wells upward into 
the zone of thinning where the collapsing upper crust 
is placed in direct contact with mantle rocks. After 
40 km of extension, the array of normal faults is aban-
doned and upper crustal deformation is concentrated in 
the center of the rift. Finally, after ∼75 km, new ocean 
lithosphere is generated, leaving behind two tectoni-
cally quiet passive margins. This, and the other physical 
models described in this section, show how combina-
tions of competing processes that either weaken or 
strengthen the crust can be used to explain much of the 
variability in deformation patterns observed in rifts.

7.6.7 Magma-assisted rifting

Most quantitative treatments of continental rifting 
focus on the effects of variations in lithospheric condi-
tions. This emphasis refl ects both the success of these 
models at explaining many aspects of rifting and the 
relative ease at which geoscientists can constrain the 
physical properties of the lithosphere compared to 
those of the asthenosphere. Nevertheless, it is evident 
that interactions between the asthenosphere and the 
lithosphere form crucial components of rift systems 
(Ebinger, 2005). One of the most important aspects of 
these interactions involves magmatism (Section 7.4), 
which weakens the lithosphere and causes strain 
localization.

Among its possible effects, mafi c magmatism may 
allow rifting to initiate in regions of relatively cold or 
thick continental lithosphere (Section 7.5). In addition 
to its weakening effects, the availability of a signifi cant 
source of basaltic magma infl uences the thickness, tem-
perature, density, and composition of the lithosphere. 
The presence of hot, partially molten material beneath 
a rift valley produces density contrasts that result in 
thermal buoyancy forces (Section 7.6.3). As the two 
sides of the rift separate, magma also may accrete to 
the base of the crust where it increases in density as it 
cools and may lead to local crustal thickening (Section 
7.2, Fig. 7.5). These processes can create bending forces 
within the lithosphere as the plate responds to the 
changing load, and affect the manner in which strain is 
accommodated during rifting. The changes may be 
recorded in patterns of uplift and subsidence across rifts 
and rifted margins.

Buck (2004) developed a simple two-dimensional 
thermal model to illustrate how rifting and magma 
intrusion can weaken the lithosphere and infl uence sub-
sidence and uplift patterns. The emplacement of large 
quantities of basalt in a rift can accommodate extension 
without crustal thinning. This process has been observed 
in the mature rift segments of northern Ethiopia 
(Section 7.8.1) where strain accommodation by faulting 
has been greatly reduced as magmatism increased 
(Wolfenden et al., 2005). If enough material intrudes, 
the crustal thickening that can result from magmatism 
can lessen the amount of subsidence in the rift and may 
even lead to regional uplift. This effect is illustrated in 
Fig. 7.30, which shows the average isostatic elevation 
through time for magma-assisted rifting compared to a 
typical subsidence curve for lithospheric stretching due 
to thermal relaxation (McKenzie, 1978). The uplift or 
subsidence result from changes in density related to the 
combined effects of crustal thinning, basalt intrusion 
and temperature differences integrated over a 100 km 
wide rift to a depth of 150 km. Buck (2004) suggested 
that this process might explain why some continental 
margins, such as those off the east coast of Canada 
(Royden & Keen, 1980), show less initial tectonic sub-
sidence related to crustal thinning compared to the 

Figure 7.30 Comparison of the predicted average 
regional isostatic elevation changes for magma-assisted 
rifting (solid line) and pure shear necking (dashed line) 
(from Buck, 2004. Copyright © 2004 from Columbia 
University Press. Reprinted with permission of the 
publishers).
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long-term (tens of millions of years) subsidence induced 
by cooling.

Two other problems of rift evolution that also might 
be resolved by incorporating the effects of magmatism 
and/or fl ow of the asthenosphere include the extra sub-
sidence observed at some rifted margins and the lack of 
magma that characterize nonvolcanic margins (Buck, 
2004). These effects are discussed in the context of the 
evolution of rifted continental margins in Section 7.7.3.

7.7 RIFTED 
CONTINENTAL 
MARGINS

7.7.1 Volcanic margins

Rifted volcanic margins are defi ned by the occurrence 
of the following three components: Large Igneous 
Provinces (Section 7.4.1) composed of thick fl ood 
basalts and silicic volcanic sequences, high velocity (Vp 
> 7 km s−1) lower crust in the continent–ocean transition 
zone, and thick sequences of volcanic and sedimen-
tary strata that give rise to seaward-dipping refl ectors on 
seismic refl ection profi les (Mutter et al., 1982). The 
majority of rifted continental margins appear to be vol-
canic, with some notable exceptions represented by the 
margins of the Goban Spur, western Iberia, eastern 
China, South Australia, and the Newfoundland Basin–
Labrador Sea. Relationships evident in the Red Sea and 
southern Greenland suggest that a continuum probably 
exists between volcanic and nonvolcanic margins.

The high velocity lower crust at volcanic margins 
occurs between stretched continental crust and normal 
thickness oceanic crust (Figs 7.31, 7.32). Although these 
layers have never been sampled directly, the high Pn 
wave velocities suggest that they are composed of thick 
accumulations of gabbro that intruded the lower crust 
during continental rifting. The intrusion of this material 
helps to dissipate the thermal anomaly in the mantle 
that is associated with continental rifting.

The Lofoten–Vesterålen continental margin off 
Norway (Figs 7.31, 7.32) illustrates the crustal structure 
of a volcanic margin that has experienced moderate 
extension (Tsikalas et al., 2005). The ocean–continent 

transition zone between the shelf edge and the Lofoten 
basin is 50–150 km wide, includes an abrupt lateral gra-
dient in crustal thinning, and is covered by layers of 
volcanic material that display shallow seaward dipping 
refl ectors (Fig. 7.32a). The 50–150 km width of this 
zone is typical of many rifted margins, although in 
some cases where there is extreme thinning the zone 
may be several hundred kilometers wide. Crustal relief 
in this region is related to faulted blocks that delineate 
uplifted highs. In the Lofoten example, the continent–
ocean boundary occurs landward of magnetic anomaly 
24B (53–56 Ma) and normal ocean crust occurs seaward 
of magnetic anomaly 23 (Fig. 7.31b). Crustal thinning 
is indicated by variations in Moho depth. The Moho 
reaches a maximum depth of 26 km beneath the conti-
nental shelf and 11–12 km beneath the Lofoten basin. 
Along profi le A–A′ a region of 12–16 km thick crust 
within the ocean–continent transition zone coincides 
with a body in the lower crust characterized by a high 
lower crustal velocity (7.2 km s−1) (Fig. 7.32a,c). This 
body thins to the north along the margin, where it 
eventually disappears, and thickens to the south, where 
at one point it has a thickness of 9 km (Fig. 7.31c). 
Oceanic layers display velocities of 4.5–5.2 km s−1, sedi-
ments show velocities of ≤2.45 km s−1. These seismic 
velocities combined with gravity models (Fig. 7.32b) 
provide information on the nature of the material 
within the margin (Fig. 7.32c).

In most volcanic margins the wedges of seaward-
dipping refl ectors occur above or seaward of the high 
velocity lower crust in the continent–ocean transition 
zone. Direct sampling of these sequences indicates that 
they are composed of a mixture of volcanic fl ows, vol-
caniclastic deposits, and nonvolcanic sedimentary rock 
that include both subaerial and submarine types of 
deposits. Planke et al. (2000) identifi ed six units that are 
commonly associated with these features (Fig. 7.33): (i) 
an outer wedge of seaward-dipping refl ectors; (ii) an 
outer high; (iii) an inner wedge of seaward-dipping 
refl ectors; (iv) landward fl ows; (v) lava deltas; and (vi) 
inner fl ows. The wedge-like shape of the refl ector pack-
ages is interpreted to refl ect the infi lling of rapidly sub-
siding basement rock. The outer refl ectors tend to be 
smaller and weaker than the inner variety. The outer 
high is a mounded, commonly fl at-topped feature that 
may be up to 1.5 km high and 15–20 km wide. In some 
places this may be a volcano or a pile of erupted basalt. 
Landward fl ows are subaerially erupted fl ood basalts 
that display little to no sediment layers between the 
fl ows. The inner fl ows are sheet-like bodies located 
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Figure 7.31 The Lofoten–Vesterålen continental margin. Inset (a) shows Vøring (VM), Lofoten–Vesterålen (LVM), and 
Western Barents Sea (WBM) margins. (b) Map showing Moho depths with 2 km contour interval. (c) Thickness of high 
velocity lower crustal body with contour interval of 1 km (images provided by F. Tsikalas and modifi ed from Tsikalas 
et al., 2005, with permission from Elsevier). A–A′ indicates the location of the cross-sections shown in Fig. 7.32.
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Figure 7.32 (a) Seismic velocity structure along the southern Lofoten–Vesterålen margin. COB, continent–ocean 
boundary. (b,c) Gravity modeled transect and interpretation of the geology (images provided by F. Tsikalas and 
modifi ed from Tsikalas et al., 2005, with permission from Elsevier). Densities in (c) are shown in kilograms per cubic 
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landward and, typically, below the lava delta. Lava deltas 
form as fl owing basalt spills outward in front of the 
growing fl ood basalts. The emplacement of these fea-
tures is associated with the establishment of thicker 
than normal ocean crust within the continent to ocean 
transition zone (Planke et al., 2000).

The conditions and processes that form volcanic 
rifted margins are the subject of much debate. In 
general, the formation of the thick igneous crust 
appears to require larger amounts of mantle melting 
compared to that which occurs at normal mid-ocean 
ridges. The origin of this enhanced igneous activity is 
uncertain but may be related to asthenospheric tem-
peratures that are higher than those found at mid-ocean 
ridges or to unusually high rates of upwelling mantle 
material (Nielson & Hopper, 2002, 2004). Both of these 
mechanisms could occur in association with mantle 
plumes (Sections 5.5, 12.10), although this hypothesis 
requires rigorous testing.

7.7.2 Nonvolcanic margins

The occurrence of nonvolcanic margins (Fig. 7.34a) 
shows that extreme thinning and stretching of the crust 

is not necessarily accompanied by large-scale volcanism 
and melting. Nonvolcanic margins lack the large volume 
of extrusive and intrusive material that characterizes 
their volcanic counterparts. Instead, the crust that char-
acterizes this type of margin may include highly faulted 
and extended continental lithosphere, oceanic litho-
sphere formed by very slow sea fl oor spreading, or con-
tinental crust intruded by magmatic bodies (Sayers et 
al., 2001). In addition, these margins may contain areas 
up to 100 km wide that are composed of exhumed, 
serpentinized upper mantle (Fig. 7.34b,c) (Pickup et al., 
1996; Whitmarsh et al., 2001). Dipping refl ectors in 
seismic profi les also occur within nonvolcanic margins. 
However, unlike in volcanic varieties, these refl ectors 
may be preferentially tilted continentward and do not 
represent sequences of volcanic rock (Pickup et al., 
1996). Some of these continentward-dipping refl ectors 
represent detachment faults (Section 7.3) that formed 
during rifting (Boillot & Froitzheum, 2001).

Two end-member types of nonvolcanic margins 
have been identifi ed on the basis of relationships pre-
served in the North Atlantic region (Louden & Chian, 
1999). The fi rst case is derived from the southern Iberia 
Abyssal Plain, Galicia Bank, and the west Greenland 
margins. In these margins rifting of the continent 

Figure 7.33 Interpretation of the main seismic facies of extrusive units at volcanic margins (modifi ed from Planke 
et al., 2000, by permission of the American Geophysical Union. Copyright © 2000 American Geophysical Union). Inset 
shows enlargement of a region of landward subaqueous fl ows where lava deltas and inner fl ow units commonly occur. 
Solid circles with vertical lines show locations of wells where drill holes have penetrated the various units. SDR, seaward 
dipping refl ectors (shaded). Bold black lines, sills.
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Figure 7.34 (a) Map of the North Atlantic showing location of selected nonvolcanic margins. MAR, Mid-Atlantic Ridge. 
(b) Velocity model of the West Iberia margin and the Iberia Abyssal Plain (image provided by T. Minshull and modifi ed 
from Minshull, 2002 with permission from Royal Society of London). Data are from Dean et al. (2000). The dashed lines 
mark the approximate edges of the ocean–continent transition zone. Velocities in km s−1. (c,d) Two end-member types of 
nonvolcanic margin (images provided by K. Louden and modifi ed from Louden & Chian, 1999, with permission from the 
Royal Society of London). PR, peridotite ridge; S, refl ections interpreted to represent a detachment fault or shear zone; 
M, Moho refl ections.
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produced a zone of extremely thin continental crust. 
This thin crust is characterized by tilted fault blocks that 
are underlain by a prominent subhorizontal refl ector (S) 
that probably represents a serpentinized shear zone at 
the crust–mantle boundary (Fig. 7.34c) (Reston et al., 
1996). The refl ector occurs seaward of stretched conti-
nental basement and above a high velocity lower layer 
of serpentinized mantle. Below the refl ector seismic 
velocities increase gradually with depth and approach 
normal mantle velocities at depths of 15–20 km. Seaward 
of the thinned continental crust and landward of the 
fi rst oceanic crust, a transitional region is characterized 
by low basement velocities, little refl ectivity, and a lower 
layer of serpentinized mantle showing velocities (Vp > 
7.0 km s−1) that are similar to high velocity lower crust. 
Farther seaward, the basement is characterized by a 
complex series of peridotite ridges (PR), which contain 
sea fl oor spreading magnetic anomalies that approxi-
mately parallel the strike of the oceanic spreading 
center. Although this zone is composed mostly of ser-
pentinized mantle, it may also contain minor intrusions. 
Thus, basement at these margins consists of faulted 
continental blocks, a smooth transitional region, and 
elevated highs. Moho refl ections (M) are absent within 
the ocean–continent transition zone. Instead, this 
region displays landward and seaward dipping refl ectors 
that extend to depths of 15–20 km.

In the second type of nonvolcanic margin (Fig. 
7.34d), based primarily on the Labrador example, only 
one or two tilted fault blocks of upper continental crust 
are observed and the S-type horizontal refl ection is 
absent. A zone of thinned mid-lower continental crust 
occurs beneath a thick sedimentary basin. A transitional 
region occurs farther seaward in a manner similar to the 
section shown in Fig. 7.34c. However, dipping refl ec-
tions within the upper mantle are less prevalent. For 
Labrador, the region of extended lower continental 
crust is very wide with a thick sedimentary basin, while 
for Flemish Cap and the Newfoundland basin, the width 
of extended lower continental crust is narrow or absent. 
Moho refl ections (M) indicate very thin (∼5 km) oceanic 
crust.

7.7.3 The evolution of 
rifted margins

The evolution of rifted continental margins is governed 
by many of the same forces and processes that affect 

the formation of intracontinental rifts (Section 7.6). 
Thermal and crustal buoyancy forces, lithospheric 
fl exure, rheological contrasts, and magmatism all may 
affect margin behavior during continental break-up, 
although the relative magnitudes and interactions 
among these factors differ from those of the pre-break-
up rifting stage. Two sets of processes that are especially 
important during the transition from rifting to sea fl oor 
spreading include: (i) post-rift subsidence and stretching; 
and (ii) detachment faulting, mantle exhumation, and 
ocean crust formation at nonvolcanic margins.

Post-rift subsidence and stretching

As continental rifting progresses to sea fl oor spreading, 
the margins of the rift isostatically subside below sea 
level and eventually become tectonically inactive. This 
subsidence is governed in part by the mechanical effects 
of lithospheric stretching (Section 7.6.2) and by a 
gradual relaxation of the thermal anomaly associated 
with rifting. Theoretical considerations that incorpo-
rate these two effects for the case of uniform stretching 
predict that subsidence initially will be rapid as the 
crust is tectonically thinned and eventually slow as the 
effects of cooling dominate (McKenzie, 1978). However, 
the amount of subsidence also is infl uenced by the 
fl exural response of the lithosphere to loads generated 
by sedimentation and volcanism and by changes in 
density as magmas intrude and melts crystallize and 
cool (Section 7.6.7). Subsidence models that include the 
effects of magmatism and loading predict signifi cant 
departures from the theoretical thermal subsidence 
curves.

The amount of subsidence that occurs at rifted 
margins is related to the magnitude of the stretching 
factor (β). There are several different ways of estimating 
the value of this parameter, depending on the scale of 
observation (Davis & Kusznir, 2004). For the brittle 
upper crust, the amount of extension typically is derived 
from summations of the offsets on faults imaged in 
seismic refl ection profi les that are oriented parallel to 
fault dips. Estimates of the combined upper crustal 
extension and lower crustal stretching are obtained 
from variations in crustal thickness measured using 
wide-angle seismic surveys, gravity studies, and seismic 
refl ection data. This latter approach relies on the 
assumption that the variations are a consequence of 
crustal extension and thinning. At the scale of the entire 
lithosphere, stretching factors are obtained through 
considerations of the fl exural isostatic response to 
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loading (Section 7.6.4) and thermal subsidence. One of 
the most commonly used approaches to obtaining litho-
spheric-scale stretching factors employs a technique 
known as fl exural backstripping.

Flexural backstripping involves reconstructing 
changes in the depth to basement in an extensional 
sedimentary basin by taking into account the isostatic 
effects of loading. The concept behind the method is 
to exploit the stratigraphic profi le of the basin to deter-
mine the depth at which basement rock would be in 
the absence of loads produced by both water and all 
the overlying layers. This is accomplished by progres-
sively removing, or backstripping, the loads produced by 
each layer and restoring the basement to its depth at 
the time each layer was deposited (Fig. 7.35). These 
results combined with knowledge of water depth theo-
retically allow determination of the stretching factor 
(β). Nevertheless, as discussed further below, relation-
ships between stretching factor and subsidence curves 
may be complicated by interactions between the litho-
sphere and the sublithospheric mantle. In practice, fl ex-
ural backstripping is carried out by assigning each layer 

a specifi c density and elastic thickness (Te) (Section 
7.6.4) and then summing the effects of each layer for 
successive time intervals. Corrections due to sediment 
compaction, fl uctuations in sea level, and estimates of 
water depth using fossils or other sedimentary indica-
tors are then applied. This approach generally involves 
using information derived from post-rift sediments 
rather than syn-rift units because the latter violate 
assumptions of a closed system during extension 
(Kusznir et al., 2004). The results usually show that the 
depth of rifted margins at successive time intervals 
depends upon both the magnitude of stretching factor 
(β) and the fl exural strength of the lithosphere. Most 
applications indicate that the elastic thickness of the 
lithosphere increases as the thermal anomaly associated 
with rifting decays.

Investigations of lithospheric-scale stretching factors 
at both volcanic and nonvolcanic margins have revealed 
several characteristic relationships. Many margins 
show more subsidence after an initial tectonic phase 
due to stretching than is predicted by thermal subsid-
ence curves for uniform stretching. Rifted margins off 
Norway (Roberts et al., 1997), near northwest Austra-
lia (Driscoll & Karner, 1998), and in the Goban Spur 
and Galicia Bank (Davis & Kusznir, 2004) show sig-
nifi cantly more subsidence than is predicted by the 
magnitude of extension indicated by upper crustal 
faulting. In addition, many margins show that the 
magnitude of lithospheric stretching increases with 
depth within ∼150 km of the ocean–continent bound-
ary (Kusznir et al., 2004). Farther toward the conti-
nent, stretching and thinning estimates for the upper 
crust, whole crust, and lithosphere converge as the 
stretching factor (β) decreases. These observations 
provide important boundary conditions on the pro-
cesses that control the transition from rifting to sea 
fl oor spreading. However, the causes of the extra sub-
sidence and depth-dependent stretching are uncertain. 
One possibility is that the extra subsidence results 
from extra uplift during the initial stage of sea fl oor 
spreading, perhaps as a result of upwelling anoma-
lously hot asthenosphere (Hopper et al., 2003; Buck, 
2004). Alternatively, greater stretching in the mantle 
lithosphere than in the crust, or within a zone of 
mantle lithosphere that is narrow than in the crust, 
also may result in extra uplift. Once these initial effects 
decay the ensuing thermal subsidence during cooling 
would be greater than models of uniform stretching 
would predict. These hypotheses, although seemingly 
plausible, require further testing.
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Figure 7.35 Schematic diagram showing application 
of fl exural backstripping and the modeling of post-rift 
subsidence to predict sequential restorations of 
stratigraphy and paleobathymetry. Restored sections are 
dependent on the β stretching factor used to defi ne the 
magnitude of lithospheric extension and lithospheric 
fl exural strength (after Kusznir et al., 2004, with 
permission from Blackwell Publishing).
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Observations of the southeast Greenland volcanic 
margin support the idea that the fl ow of low-
density mantle during the transition to sea fl oor 
spreading strongly infl uences subsidence and stretch-
ing patterns. Hopper et al. (2003) found distinctive 
changes in the morphology of basaltic layers in the 
crust that indicate signifi cant vertical motions of the 
ridge system. At the start of spreading, the system 
was close to sea level for at least 1 Myr when 
spreading was subaerial. Later subsidence dropped 
the ridge to shallow water and then deeper water 
ranging between 900 and 1500 m depth. This history 
appears to refl ect the dynamic support of the ridge 
system by upwelling of hot mantle material during 
the initiation of spreading. Exhaustion of this 
thermal anomaly then led to loss of dynamic 
support and rapid subsidence of the ridge system 
over a 2 Ma period. In addition, nearly double the 
volume of dikes and volcanic material occurred on 
the Greenland side of the margin compared to the 
conjugate Hatton Bank margin located south of 
Iceland on the other side of the North Atlantic 
ocean. These observations indicate that interactions 
between hot asthenosphere and the lithosphere con-
tinue to infl uence the tectonic development of rifted 
margins during the fi nal stages of continental break-
up when sea fl oor spreading centers are estab-
lished.

The fl ow of low-density melt-depleted astheno-
sphere out from under a rift also may help explain 
the lack of magmatic activity observed at rifted non-
volcanic margins. The absence of large volumes of 
magma could be linked to the effects of prior 
melting episodes, convective cooling of hot astheno-
sphere, and/or the rate of mantle upwelling (Buck, 
2004). As sublithospheric mantle wells up beneath a 
rift it melts and cools. This process could result in 
shallow mantle convection due to the presence of 
cool, dense melt-depleted material overlying hotter, 
less dense mantle. Cooling also restricts further 
melting by bringing the mantle below its solidus 
temperature (Section 7.4.2). If some of this previ-
ously cooled, melt-depleted asthenosphere is pulled 
up under the active part of the rift during the tran-
sition to sea fl oor spreading, its presence would sup-
press further melting, especially if the rate of rifting 
or sea fl oor spreading is slow. The slow rates may 
not allow the deep, undepleted asthenosphere to 
reach the shallow depths that generate large amounts 
of melting.

Magma accretion, mantle exhumation, 
and detachment faulting

The transition from rifting to sea fl oor spreading at 
nonvolcanic margins is marked by the exhumation of 
large sections of upper mantle. Seismic refl ection data 
collected from the Flemish Cap off the Newfoundland 
margin provide insight into the mechanisms that lead 
to this exhumation and how they relate to the forma-
tion of ocean crust.

The Flemish Cap is an approximately circular shaped 
block of 30-km-thick continental crust that formed 
during Mesozoic rifting between Newfoundland and 
the Galicia Bank margin near Iberia (Fig. 7.36a). The 
two conjugate margins show a pronounced break-up 
asymmetry. Seismic images from the Galicia Bank show 
a transition zone composed of mechanically unroofed 
continental mantle (Fig. 7.36b) and a strong regional 
west-dipping S-type refl ection (Fig. 7.36b, stages 1 & 2) 
(Section 7.7.2). The transition zone is several tens of 
kilometers wide off the Galicia Bank and widens to 
130 km to the south off southern Iberia. The S-refl ec-
tion is interpreted to represent a detachment fault 
between the lower crust and mantle that underlies a 
series of fault-bounded blocks. By contrast, the New-
foundland margin lacks a transition zone and shows no 
evidence of any S-type refl ections or detachment faults 
(Hopper et al., 2004). Instead, this latter margin shows 
an abrupt boundary between very thin continental 
crust and a zone of anomalously thin (3 to 4 km thick), 
highly tectonized oceanic crust (Fig. 7.36b, stages 3, 4, 
and 5). Seaward of this boundary the oceanic crust thins 
even further to <1.3 km and exhibits unusual very refl ec-
tive layering (I).

The fi ve stage model of Hopper et al. (2004) explains 
these structural differences and the evolution of the 
conjugate margins. In Fig. 7.36b, the top panel shows 
a reconstruction of the two margins emphasizing 
their asymmetry at fi nal break-up when the continental 
crust was thinned to a thickness of only a few kilome-
ters (stage 1). During break-up, displacement within 
an extensional detachment fault (labeled S in Fig. 7.36b) 
unroofed a peridotite ridge (PR) above a zone of weak 
serpentinized upper mantle. Break-up west of the 
ridge isolated it on the Galicia Bank margin when, 
during stage 2, mantle melts reached the surface and 
sea fl oor spreading was established. Limited magma-
tism produced the thinner than normal (3–4 km), 
highly tectonized ocean crust. During stage 3, a 
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Figure 7.36 (a) Location of seismic surveys of the Flemish Cap and (b) fi ve stage model of nonvolcanic margins (after 
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lines, oceanic layers; PR, peridotite ridge; S, refl ections interpreted to represent a detachment fault; I, unusual very 
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reduction in magma supply led to about 20 km of exten-
sion that was accommodated mostly by detachment 
faulting. The detachment faulting led to the exhuma-
tion of the mantle and formed an oceanic core complex 
that is similar to those found in slow-spreading environ-
ments at ridge–transform intersections (Section 6.7). 
Voluminous but localized magmatism during stage 4 
resulted in a 1.5-km-thick layer of deep marine fl ood 
basalts that buried the detachment surface (refl ection 

Z). The intrusion of gabbroic material may have accom-
panied this volcanism. This magmatic activity marked 
the beginning of sea fl oor spreading that formed normal 
(6 km) thickness ocean crust (stage 5).

This example shows that, to a fi rst order, the transi-
tion from rift to oceanic crust at nonvolcanic margins 
is fundamentally asymmetric and involves a period 
of magmatic starvation that leads to the exhuma-
tion of the mantle. This type of margin may typify 
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slow-spreading systems (Section 6.6) where large 
fl uctuations in melt supply occur in transient magma 
chambers during the early stages of sea fl oor 
spreading.

7.8 CASE STUDIES: 
THE TRANSITION 
FROM RIFT TO RIFTED 
MARGIN

7.8.1 The East African 
Rift system

The East African Rift system (Fig. 7.2) is composed of 
several discrete rift segments that record different stages 
in the transition from continental rift to rifted volcanic 
margin (Ebinger, 2005). The Eastern Rift between 
northern Tanzania and southern Kenya is an example 
of a youthful rift that initiated in thick, cold and strong 
continental lithosphere. Volcanism and sedimentation 
began by ∼5 Ma with the largest fault escarpments 
forming by ∼3 Ma. Strain and magmatism are localized 
within narrow asymmetric rift basins with no detect-
able deformation in the broad uplifted plateau adjacent 
to the rifts (Foster et al., 1997). Earthquake hypocenters 
occur throughout the entire 35 km thickness of the 
crust, indicating that crustal heating is at a minimum 
(Foster & Jackson, 1998). The basins are shallow (∼3 km 
deep) with 100-km-long border faults that accommo-
date small amounts of extension. The border faults have 
grown from short fault segments that propagated along 
their lengths to join with other nearby faults, creating 
linkages between adjacent basins (Foster et al., 1997). 
Faults that were oriented unfavorably with respect to 
the opening direction were abandoned as strain pro-
gressively localized onto the border faults (Ebinger, 
2005). Geophysical (Green et al., 1991; Birt et al., 1997) 
and geochemical (Chesley et al., 1999) data show that 
the mantle lithosphere has been thinned to about 
140 km. Elsewhere the lithosphere is at least 200 km and 
possibly 300–350 km thick (Ritsema et al., 1998). These 
patterns conform to the predictions of lithospheric 
stretching models (Section 7.6.2, 7.6.3) in regions of 

relatively thick lithosphere. They also illustrate that the 
cross-sectional geometry and the along-axis segmenta-
tion in youthful rifts are controlled by the fl exural 
strength of the lithosphere (Section 7.6.4).

The effects of pre-existing weaknesses on the geom-
etry of rifting are also illustrated in the southern 
segment of the Eastern Rift in Tanzania. Border faults 
and half graben preferentially formed in a zone of 
weakness created by a contrast between thick, cool 
lithosphere of the Archean Tanzanian craton and thin, 
weak Proterozoic lithosphere located to the east (Foster 
et al., 1997). From north to south, the axis of the rift 
diverges from a single ∼50 km wide rift to a ∼200 km 
wide zone composed of three narrow segments (Fig. 
7.2b). This segmentation and a change in orientation of 
faults occurs where the rift encounters the Archean 
Tanzanian craton (Fig. 7.37), indicating that the thick 
lithosphere has defl ected the orientation of the rift. 
These observations illustrate that lateral heterogene-
ities at the lithosphere–asthenosphere boundary exert a 
strong control on the initial location and distribution of 
strain at the start of rifting (Section 7.4).

An example of a rift that is slightly more evolved 
than the Tanzanian example occurs in central and 
northern Kenya where rifting began by 15 Ma. In this 
rift segment the crust has been thinned by up to 10 km 
and the thickness of the lithosphere has been reduced 
to about 90 km (Mechie et al., 1997). A progressive shal-
lowing of the Moho occurs between central and north-
ern Kenya where the rift widens from ∼100 km to 
∼175 km (Fig. 7.2b). In northern Kenya, crustal thick-
ness is about 20 km and the total surface extension is 
about 35–40 km (β = 1.55–1.65) (Hendrie et al., 1994). In 
the south, crustal thickness is 35 km with estimates of 
total extension ranging from 5 to 10 km (Strecker et al., 
1990; Green et al., 1991). As the amount of crustal 
stretching increases, and the lithosphere–asthenosphere 
boundary rises beneath a rift, the amount of partial 
melting resulting from decompression melting also 
increases (Section 7.4.2). Young lavas exposed in central 
and northern Kenya indicate source regions that are 
shallower than those in Tanzania (Furman et al., 2004). 
High velocity, high density material is present in the 
upper crust and at the base of the lower crust, suggest-
ing the presence of cooled basaltic intrusions (Mechie 
et al., 1997; Ibs-von Seht et al., 2001). These relationships 
indicate that as a continental rift enters maturity mag-
matic activity increases and a signifi cant component of 
the extension is accommodated by magmatic intrusion 
below the rift axis (Ebinger, 2005).
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The increase in magmatic activity that accompa-
nies a shallowing of the asthenosphere–lithosphere 
boundary beneath the Kenya Rift also results in 
increased crustal heating and contributes to a decrease 
in lithospheric strength (Section 7.6.7). This effect is 
indicated by a progressive decrease in the depth of 
earthquake hypocenters and in the depth of faulting 
from 35 km to 27 km (Ibs-von Seht et al., 2001). These 
patterns suggest a decrease in the effective elastic 

thickness (Te) of the lithosphere (Section 7.6.4) com-
pared to the rift in northern Tanzania. Although both 
the mantle and crust have thinned, the thinning of 
mantle lithosphere outpaces crustal thinning. This 
asymmetry occurs because a suffi cient amount of 
magma has accreted to the base of the crust, resulting 
in a degree of crustal thickening. It also results 
because the mantle lithosphere is locally weakened by 
interactions with hot magmatic fl uids, which further 
localizes stretching.

Extension in the central and southern part of the 
Main Ethiopian Rift began between 18 and 15 Ma and, 
in the north, after 11 Ma (Wolfenden et al., 2004). The 
deformation resulted in the formation of a series of 
high-angle border faults that are marked by chains of 
volcanic centers (Fig. 7.38a). Since about 1.8 Ma the loci 
of magmatism and faulting have become progressively 
more localized, concentrating into ∼20-km-wide, 60-
km-long magmatic segments (Fig. 7.38b). This localiza-
tion involved the formation of new, shorter and 
narrower rift segments that are superimposed on old 
long border faults in an old broad rift basin. This nar-
rowing of the axis into short segments refl ects a plate 
whose effective elastic thickness is less than it was when 
the long border faults formed (Ebinger et al., 1999). The 
extrusion of copious amounts of volcanic rock also has 
modifi ed both the surface morphology of the rift and 
its internal structure. Relationships in this rift segment 
indicate that magma intrusion in the form of vertical 
dikes fi rst becomes equally and then more important 
than faulting as rifting approaches sea fl oor spreading 
(Kendall et al., 2005). Repeated eruptions create thick 
piles that load the weakened plate causing older lava 
fl ows to bend down toward the rift axis. This process 
creates the seaward-dipping wedge of lavas (Section 
7.7.1) that is typical of rifted volcanic margins (Section 
7.7.1).

The rift segments in the Afar Depression illustrate 
that, as extension increases and the thickness of the 
lithosphere decreases, the asthenosphere rises and 
decompresses, and more melt is generated. Eventually 
all the border faults in the rift are abandoned as mag-
matism accommodates the extension (Fig. 7.38c). At 
this stage the rift functions as a slow-spreading mid-
ocean ridge that is bordered on both sides by thinned 
continental lithosphere (Wolfenden et al., 2005). As the 
melt supply increases and/or strain rate increases, new 
oceanic lithosphere forms in the magmatic segments 
and the crust and mantle lithosphere subside below sea 
level. This transition has occurred in the Gulf of Aden 

Figure 7.37 Structural map of the Eastern branch of 
the East African Rift system in Kenya and northern 
Tanzania showing the defl ection of faults at the 
boundary of the Archean Tanzanian craton (after 
Macdonald et al., 2001, with permission from the 
Journal of Petrology 42, 877–900. Copyright © 2001 by 
permission of Oxford University Press, and Smith & 
Mosely, 1993, by permission of the American Geophysical 
Union. Copyright © 1993 American Geophysical Union).
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(Fig. 7.2b) where conjugate rifted margins have formed 
recently. The margins on the western side of the Gulf 
are mostly buried by Oligocene-Miocene lavas from the 
Afar mantle plume. Those on the eastern side are 
starved of sediment and volcanic material and preserve 
19–35 Ma structures that formed during oblique rifting 
and the transition to sea fl oor spreading (d’Acremont 
et al., 2005). Seismic refl ection studies of these latter 
margins indicate that the southern rifted margin is 
about twice as wide as the northern one and displays 
thicker post-rift deposits and greater amounts of subsid-
ence. As rifting gave way to sea fl oor spreading in this 
area, deformation localized in a 40-km-wide transition 
zone where magma intruded into very thin continental 
crust and, possibly, in the case of the northern side, 
exhumed mantle. The different widths and structure of 
the two margins indicate that the transition to sea fl oor 

spreading in the Gulf of Aden was an asymmetric 
process.

7.8.2 The Woodlark Rift

The Woodlark Basin and adjacent Papuan Peninsula 
(Fig. 7.39a) record a continuum of active extensional 
processes that vary laterally from continental rifting in 
the west to sea fl oor spreading in the east. This example 
provides an important record of how sea fl oor spread-
ing segments develop spatially during continental break-
up and the formation of nonvolcanic margins. It also 
illustrates the type of lithospheric conditions that 
promote the development of metamorphic core com-
plexes during rifting. Continental rifting occurs pres-
ently in the Papuan Peninsula where core complexes 

Figure 7.38 Three-stage model for continental break-up leading to the formation of a volcanic passive margin (after 
Ebinger, 2005, with permission from Blackwell Publishing).
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and both high-angle (≥45°) and low-angle (<30°) 
normal faults have formed in the D’Entrecasteaux 
islands since the Pliocene. Ocean crust in the eastern-
most and oldest part of the Woodlark Basin is now 
being consumed to the north beneath the Solomon 
Islands (Fig. 7.39b).

The pre-rift evolution of the Woodlark region 
involved subduction, arc volcanism, and arc-continent 
collision (Section 10.5) along a relic Paleogene conver-
gent plate boundary that now coincides with the Pock-
lington Rise and southern margin of the Papuan 
Peninsula (Fig. 7.39b). As the Coral Sea opened from 62 
to 56 Ma, fragments of continental crust rifted away 
from Australia and collided with a Paleogene volcanic 
arc during north-directed subduction along this plate 
boundary (Weissel & Watts, 1979). The Trobriand 
Trough, located to the north of the Woodlark Rise (Fig. 
7.39b), is a Neogene subduction zone that accommo-
dates south-directed motion of the Solomon sea fl oor. 
This region thus records a history of convergence and 
crustal thickening that pre-dates the onset of extension 
during the Pliocene.

Rift initiation in the Pliocene split the rheologically 
weak continental fragments and volcanic arc of the 
Woodlark and Pocklington rises. This weak zone lay 
between two regions of strong oceanic lithosphere in 
the Coral and Solomon seas and helped to localize 
strain during rifting (Taylor et al., 1995). Rifting began 
more or less synchronously along 1000 km of the 
margin at ∼6 Ma. However, strain localization and sea 
fl oor spreading developed in a time transgressive 
fashion from east to west within this large zone. Sea 
fl oor spreading began east of about 157° E longitude 
and was focused there up until ∼3.6 Ma. At ∼3.6 Ma a 
spreading ridge abruptly propagated ∼300 km west-
ward to ∼154°E longitude. Seismic studies (Abers et 
al., 2002; Ferris et al., 2006) indicate that the crust 
thickens from <20 km beneath the D’Entrecasteaux 
islands to 30–35 km beneath the eastern Papuan 
Peninsula.

Rifting eventually led to the formation of nonvolca-
nic margins along the northern and southern boundar-
ies of the Woodlark Basin. Currently, continental 
break-up is focused on an asymmetric rift basin 
bounded by a low-angle (27°) extensional detachment 
fault (Fig. 7.39c) that extends though the entire 
thickness (3–9 km) of the seismogenic layer north of 
the Moresby Seamount (Abers et al., 1997). Abers & 
Roecker (1991) identifi ed several possible earthquake 
events that may indicate active slip on this low-angle 

detachment. By contrast, break-up at 2 Ma occurred 
along a symmetric rift basin bounded by high-angle 
normal faults. Extension and the slip on low-angle 
shear zones has resulted in the very rapid (>10 mm a−1) 
exhumation of deep (up to 75 km) Pliocene plutonic 
and metamorphic rocks that formed during prior sub-
duction (Baldwin et al., 2004). These core complexes 
formed when thick upper crust was pulled apart by 
extension. This process was aided by the emplacement 
of dense ophiolitic material over less dense crust during 
Paleogene collision (Abers et al., 2002). Focused exten-
sion locally raised temperatures in the lithosphere and 
allowed buoyant lower crust and mantle to fl ow 
beneath the core complexes (Fig. 7.40a). Presently, the 
Moho is elevated beneath the core complexes, indicat-
ing that the lower crust maintains some strength and 
has not yet fl owed suffi ciently to smooth out these 
variations.

The Woodlark Rift indicates that continental break-
up occurs in a step-wise fashion by successive phases of 
rift localization, spreading center nucleation, spreading 
center propagation, and, fi nally, a jump to the next site 
of localized rifting (Taylor et al., 1999). Extension 
within the rifted nonvolcanic margins continued for up 
to 1 Myr after sea fl oor spreading initiated. The transi-
tion from rifting to sea fl oor spreading occurred after a 
uniform degree of continental extension of 200 ± 
40 km and some 130–300% strain (Taylor et al., 1999). 
Spreading segments nucleated in rift basins that were 
separated from one another by accommodation zones 
(Fig. 7.40b). The initial spreading segments achieved 
much of their length at nucleation, and subsequently 
lengthened further as spreading propagated into rifting 
continental crust. Offset margins were controlled by 
the geometry and location of rheological weaknesses 
in the Papuan Peninsula. The spreading centers nucle-
ated in orientations approximately orthogonal to the 
opening direction but, because the developing margins 
were oblique to this direction, nucleation jumps 
occurred in order to maintain the new spreading centers 
within rheologically weak zones. Transform faults, 
which cut across previous rift structures, link spreading 
segments that had nucleated in, and/or propagated 
into, offset continental rifts. This relationship indicates 
that transform faults do not evolve from transfer faults 
between rift basins. In addition, the Woodlark example 
shows how rheological weaknesses in the lithosphere 
continue to control how continents break-up during 
the fi nal stages of the transition from rifting to sea fl oor 
spreading.
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7.9 THE WILSON 
CYCLE

The transition from intracontinental rift to ocean basin 
has occurred repeatedly on Earth since at least the Late 

Archean (Section 11.3.5). The relatively young Meso-
zoic-Cenozoic age of the current ocean basins implies 
that there have been many cycles of ocean creation and 
destruction during the Earth’s history. Very little remains 
of these ancient oceans, although their existence is 
implied by continental reconstructions (Figs 3.4, 3.5) and 
by fragments of ancient ocean crust that are preserved 
as ophiolite assemblages (Section 2.5) in orogenic belts 

Figure 7.41 The Wilson cycle showing: (a) continental craton; (b) formation of a narrow rift; (c) initiation of seafl oor 
spreading and formation of rifted continental margins in an expanding ocean basin; (d) initiation of subduction; (e) a 
closing ocean basin; (f) continental collision and orogeny.
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(Section 10.6.1). This periodicity of ocean formation and 
closure is known as the Wilson cycle, named after J. Tuzo 
Wilson in recognition of his contributions to the theory 
of plate tectonics (Dewey & Burke, 1974).

Figure 7.41 shows a schematic illustration of the 
various stages in the Wilson cycle beginning with the 
initial break-up of a stable continental craton (Fig. 
7.41a) and the thinning of continental lithosphere. 
Rifting (Fig. 7.41b) is followed by the development of 
a thinned, rifted continental margin and eventually 
gives way to sea fl oor spreading as the two continents 
separate across an expanding ocean (Fig. 7.41c). The 
termination of basin opening may occur in response 
to plate collisions, which could trigger subduction at 
one or more rifted margins (Fig. 7.41d). Basin closure 
also may compensate for oceanic lithosphere that is 
newly formed elsewhere. The contracting ocean is a 
consequence of subduction at one or both continental 

margins (Fig. 7.41e). This phase will continue until the 
two continents collide and the ocean basin closes com-
pletely (Fig. 7.41f). Continent–continent collision leads 
to the formation of a Himalaya-type orogen (Section 
10.1) and the exhumation of deep crustal rocks. At this 
time subduction zones must initiate at other continen-
tal margins in order to maintain constant global surface 
area. The forces associated with these new subduction 
zones place the continent under tension and, if other 
conditions are extant (Section 7.5), the rifting process 
begins again. Present day analogues of the oceans 
shown in Fig. 7.41 are: Fig. 7.41c (expanding oceans) = 
the Gulf of Aden, Woodlark Rift, and the Atlantic 
Ocean; Fig. 7.41d,e (contracting oceans) = the Pacifi c 
Ocean. Chapters 9 and 10 provide discussions of the 
processes that operate during the destructive part of 
the Wilson cycle as ocean basins close and continents 
collide.
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8.1 INTRODUCTION

Continental transforms, like their oceanic counter-
parts (Section 4.2.1), are conservative plate boundar-
ies where lithosphere is neither created nor destroyed 
and strike-slip deformation results in lateral displace-
ments across the fault zone. Strike-slip faults gener-
ally may occur at a variety of scales in virtually 
any tectonic setting. Only transform faults represent 
plate boundaries.

In contrast to oceanic fracture zones, which are 
characterized by a relatively simple linear trough 
(Section 6.12), continental transforms exhibit a 
structural complexity that refl ects differences in the 
thickness, composition, and pressure–temperature 
profi le of oceanic and continental lithosphere (Sec-
tions 2.7, 2.10.4). In the southwestern United 
States, for example, relative motion between the 
Pacifi c and North American plates is distributed 
across a zone that ranges from hundreds to a 
thousand kilometers wide (Fig. 8.1). Similarly, in 
New Zealand (Fig. 8.2), oblique convergence on 
the South Island has produced a >100-km-wide 
zone of deformation on the continental portion of 
the Pacifi c plate. These diffuse, commonly asym-
metric patterns generally refl ect lateral contrasts in 
lithospheric strength and areas where continental 
lithosphere is especially weak (Section 8.6.2). In 
areas where continental lithosphere is relatively 
cool and strong, transforms tend to display narrow 
zones of deformation. The Dead Sea Transform is 
an example of this latter type of system where 
deformation has localized into a zone that is only 
20–40 km wide (Fig. 8.3).

In this chapter, the shallow (Section 8.2) and deep 
(Section 8.3) structure of continental transforms and 
major strike-slip faults is illustrated using examples 
from the southwestern U.S., New Zealand, the 
Middle East, and elsewhere. Other topics include the 
evolution of transform continental margins (Section 
8.4), the use of velocity fi elds to describe crustal 
motion (Section 8.5), and the mechanisms that 
control the localization and delocalization of strain 
during strike-slip faulting (Section 8.6). This latter 
subject, and the overall strength of large strike-slip 
faults (Section 8.7), are especially important for 
explaining how continental transforms accomplish 
large magnitudes of slip.

8.2 FAULT STYLES 
AND PHYSIOGRAPHY

The following fault styles and physiographic features 
characterize the surface and upper crust of continental 
transforms and major continental strike-slip faults:

1 Linear fault scarps and laterally offset surface 
features. Large continental strike-slip faults 
typically display linear scarps and troughs 
that result from the differential erosion of 
juxtaposed material and the erosion of fault 
gouge (Allen, 1981). Surface features along 
active or recently active fault traces may be 
displaced laterally due to the strike-slip motion. 
The age and magnitude of these offsets provide 
an important means of determining slip rates. 
In New Zealand, for example, the Alpine Fault 
is marked by a nearly continuous, linear fault 
trace that extends across the South Island for a 
distance of ∼850 km (Fig. 8.2). Glacial moraines, 
rivers, valleys, lake shores, and other 
topographic features are offset laterally across 
the fault (Fig. 8.4), suggesting late Pleistocene 
slip rates of 21–24 mm a−1 (Sutherland et al., 
2006). Vertical motion between parallel fault 
segments also is common and may create areas 
of localized uplift and subsidence that are 
expressed as pressure ridges and sag ponds, 
respectively (Sylvester, 1988).

2 Step-overs, push-ups, and pull-apart basins. Most 
large strike-slip faults are composed of multiple 
fault segments. Where one active segment 
terminates in proximity to another sub-parallel 
segment, motion is transferred across the 
intervening gap, resulting in zones of localized 
extension or contraction (Fig. 8.5a). In these 
step-overs, the initial geometry and sense of slip 
on the adjacent faults control whether the area 
separating them is extended or shortened 
(Dooley & McClay, 1997; McClay & Bonora, 
2001). Normal faults and extensional troughs 
called pull-apart basins characterize step-overs 
where the intervening region is thrown into 
tension. Thrust faults, folds, and topographic 
uplifts known as push-ups form where the 
intervening region is compressed. In these 
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settings, the combination of strike-slip motion 
and extension is known as transtension. The 
combination of strike-slip motion and 
contraction is known as transpression.

 The El Salvador Fault Zone in Central America 
illustrates many of the physiographic and 
structural features that are common to 
extensional step-overs. In this region, oblique 
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convergence between the Cocos and 
Caribbean plates (Fig. 8.6a) results in a 
component of dextral motion within a 
volcanic arc above the Middle America 
Trench (Martínez-Díaz et al., 2004). The Río 
Lempa pull-apart basin is marked by several 
irregular depressions and oblique normal 
faults that have formed in an extensional 

step-over between the San Vicente and 
Berlin fault segments (Fig. 8.6b) (Corti et al., 
2005). Late Pleistocene volcanic edifi ces, river 
terraces, and alluvial fans are offset across 
prominent fault scarps.

 In northern California, dextral strike-slip faults 
in the San Francisco Bay area record crustal 
shortening and topographic uplift related to 
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Figure 8.4  (a) Shaded relief map and (b, c) 1 : 50,000 topographic maps showing linear scarp and offset surface 
features along a segment of the Alpine Fault on the South Island of New Zealand (images provided by R. Sutherland and 
modifi ed from Sutherland et al., 2006, with permission from the Geological Society of America). Maps are derived from 
1 : 50,000 NZMS 260 digital data. Curved bold black lines in (b) and (c) are rivers or creeks. Contour interval is 20 m.
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a series of contractional step-overs. East of 
the bay, Mt. Diablo (Fig. 8.7a) marks the core 
of an anticlinorium that has formed between 
the Greenville and Concord faults (Unruh & 
Sawyer, 1997). The transfer of about 18 km 
of dextral strike-slip motion across this step-
over during the late Cenozoic has resulted in 
a series of oblique anticlines, thrust faults, 
and surface uplifts that form a typical 
stepped, overlapping en echelon pattern. Mt. 
Diablo is the largest push-up in the region. 
Studies of deformed fl uvial terraces suggest 
an uplift rate of 3 mm a−1 over the last 10,000 
years, which is comparable to the rates of 
slip on the adjacent faults (Sawyer, 1999).

 Bürgmann et al. (2006) resolved the rates of 
vertical crustal motion associated with several 

contractional step-overs near San Francisco 
Bay by combining GPS velocities with 
interferometric synthetic aperture radar 
(InSAR) data (Section 2.10.5) collected over 
an 8 year period. After fi ltering out seasonally 
varying ground motions, the InSAR residuals 
(Fig. 8.7b) showed that the highest uplift rates 
occur over the southern foothills of Mount 
Diablo. Other zones of rapid uplift occur 
in the Mission Hills step-over between the 
Hayward and Calaveras faults, and between 
faults in the Santa Cruz Mountains. In the 
former area, seismicity is consistent with the 
transfer of slip on the Calaveras Fault onto 
the northern Hayward Fault through the 
Mission Hills (Waldhauser & Ellsworth, 
2002). The origin of other vertical 
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Woodcock & Rickards, 2003, with permission from Elsevier).
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movements is more uncertain and may refl ect 
some nontectonic displacements, such as 
active landslides, subsidence and rebound over 
aquifers, and the settling of unconsolidated 
sediments along the bay margins. 
Nevertheless, the data reveal a pattern of 
highly localized vertical motion associated 
with regions of active strike-slip faulting.

3 Releasing and restraining bends. In zones where 
strike-slip faults are continuous, the strike of 
the faults may locally depart from a simple 

linear trend following a small circle on the 
Earth’s surface. In these areas, the curvature 
of the fault plane creates zones of localized 
shortening and extension according to whether 
the two sides of the bend converge or diverge 
(Harding, 1974; Christie-Blick & Biddle, 1985) 
(Fig. 8.5b). These zones are similar to those 
that form in step-overs. Pull-apart basins, 
zones of subsidence and deposition, and 
normal faults characterize releasing bends. 
Restraining bends display thrust faults, folds, 
and push-ups.
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Figure 8.7  (a) Geologic map of the Mount Diablo contractional step-over (after Wakabayashi et al., 2004, with 
permission from Elsevier). Geologic data are from Wagner et al. (1990) and Unruh & Sawyer (1997). (b) Fault map 
showing residual permanent scatterer InSAR rates (dots) after removing the contribution of tectonic horizontal motions 
and all points located on late Pleistocene substrate (image provided by R. Bürgmann and modifi ed from Bürgmann et al., 
2006, with permission from the Geological Society of America). Permanent scatterers are stable radar-bright points such 
as buildings, outcrops, utility poles etc. that are used to identify time-dependent surface motions. Modeled range rates 
include 115,487 permanent scatterers relative to point labeled FIXED for the years 1992–2000. Positive residuals 
correspond to uplift. MD, Mount Diablo; MH, Mission Hills; SCM, Santa Cruz Mountains. Black arrows show residual 
(observed minus modeled) GPS horizontal velocities, which provide a measure of how well the model fi ts the observations 
(Section 8.5.3). Inset in (b) shows the geometry of folds and thrust faults in a contractional step-over between the 
Hayward and Calaveras faults (after Aydin & Page, 1984, with permission from the Geological Society of America).
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 The Transverse Ranges in southern California 
(Figs 8.1, 8.8a) illustrate the characteristics of 
a large restraining bend in the San Andreas 
Fault. These ranges have been uplifted in 
response to a combination of dextral motion 
and compression across a portion of the fault 
that strikes more westerly than the general 
strike of the fault system. Seismic refl ection 
profi les and information from wells indicate 
that thrust faults dip northward at 25–35° 
beneath the San Gabriel Mountains and 
intersect the near vertical (83°) San Andreas 
Fault at mid-crustal depths of ∼21 km (Fuis et 
al., 2001, 2003). Earthquake focal 
mechanisms show thrust solutions on fault 
splays that branch upward off the dipping 
décollement surface (Fig. 8.8b). This 
combination of motion has resulted in a 
zone of transpression and topographic uplift 
commonly referred to as the Big Bend.

 Examples of active releasing bends and strike-
slip basins occur along the southernmost part 
of the Alpine Fault in southwest New 
Zealand. Near Fiordland, three 
semicontinuous fault segments accommodate 
dextral strike-slip motion between the 
Australian and Pacifi c plates. Along the 
Resolution segment of the plate boundary 
(Fig. 8.9a), geophysical surveys have revealed 
the presence of a Pleistocene pull-apart 
called the Dagg Basin (Barnes et al., 2001, 
2005). A seismic refl ection profi le across the 
northern part of the basin (Fig. 8.9b) shows 
that it is bounded on the northwest by a 
ridge above an active reverse fault. Inactive 
faults are buried beneath the ridge. At the 
center of the basin, upward splaying faults 
accommodate oblique extension, forming a 
graben. Some west-dipping splays (labeled IA 
in Fig. 8.9b) presently are inactive, although 
the deposition of wedge-shaped strata 
between the development of two 
unconformities (surfaces DB3 and DB4) 
indicates that they once were active 
simultaneously with the east-dipping splays. 
This geometry suggests that the pull-apart 
basin initially formed in an extensional step-
over prior to unconformity DB3 (Barnes et 
al., 2001, 2005). Another pull-apart, called the 
Five Fingers Basin, formed in a similar step-

over 10 km farther south (Fig. 8.9a). The 
current smooth shape of the releasing bends 
formed later, after unconformity DB3, as 
subsequent strike-slip motion formed faults 
that joined across the gap between the step-
overs (Fig. 8.10a,b).

 In contrast to the extension that characterizes 
the northern Dagg Basin, the southern end of 
the basin shows evidence of reverse faulting 
and uplift. A combination of shortening and 
strike-slip faulting associated with a 
restraining bend in this region formed the 
Dagg Ridge, which has been squeezed 
upward between the main trace of the Alpine 
Fault on the west and a curved oblique-slip 
fault beneath its eastern margin (Fig. 8.9c). 
South of the ridge, the Breaksea Basin 
preserves features that indicates it was once 
continuous with the Dagg Basin, suggesting 
that the reverse faulting occurred after the 
pull apart had formed (Barnes et al., 2005). As 
the total plate motion and amount of slip 
increased, some faults were abandoned and 
others formed linkages that cut through the 
extensional basins, resulting in localized push-
ups and ridges where they formed restraining 
bends (Fig. 8.10c). These relationships 
illustrate how large strike-slip faults typically 
evolve very rapidly and that localized strike-
slip basins and uplifts develop along different 
parts of the fault zone (Fig. 8.10c) on 
timescales of tens to hundreds of thousands 
of years.

4 Strike-slip duplexes, fans, and fl ower structures. A 
strike-slip duplex is an imbricate array of two 
or more fault-bounded blocks and basins that 
occur between two or more large bounding 
faults (Woodcock & Fischer, 1986). These 
structures are analogous to the duplexes that 
form on the ramps of dip-slip faults but differ in 
that vertical movements are not constrained at 
the upper (ground) surface. The fault-bounded 
basins that characterize the duplex typically are 
lens-shaped. The individual blocks defi ned by 
the strike-slip faults are shortened and uplifted 
when the faults converge and stretched and 
downthrown where the faults diverge (Fig. 
8.5c). This tendency for strike-slip faults to 
diverge and converge creates a characteristic 
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braided pattern in plan view. The faults that 
most closely follow the direction of plate 
movements predominate, grow longer, and 
assume near vertical dips. Other faults at an 
angle to the overall direction of movement 
may then rotate farther out of alignment and 
develop dips signifi cantly less than vertical, so 
that the fault involves a component of dip-slip 
motion. If the fault’s curvature carries it to a 
region of extension, a normal oblique-slip fault 
develops; if to a region of compression, a 

reversed oblique-slip fault forms. Signifi cant 
rotations about vertical or near vertical axes 
also commonly occur (Section 8.5). At the ends 
of large strike-slip faults, displacements may be 
dissipated along arrays of curved faults that 
link to the main fault forming fans or horsetail 
splays (Fig. 8.5c). These structures may 
record either contractional or extensional 
deformation according to the geometry of the 
curvature and the sense of motion on the main 
fault.
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among faults have cut through the Dagg Basin forming the Dagg Ridge (shaded) (after Barnes et al., 2005, with 
permission from the Geological Society of America). (c) Schematic block diagram showing the three-dimensional 
geometry of adjacent releasing and restraining bends (image provided by P. Barnes and modifi ed from Barnes et al., 
2001, with permission from Elsevier). Southern end of basin displays a positive fl ower structure, push-up, and 
transpression. Northern end of basin displays pull-apart basin, subsidence, and transtension.
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 In profi le, the various splays of a strike-slip fault 
zone may converge downward at depth to 
produce a characteristic geometry in profi le 
known as a fl ower structure (Fig. 8.5d) 
(Harding, 1985; Christie-Blick & Biddle, 
1985). Negative fl ower structures are those 
where the upward-branching faults display 
mostly normal offsets beneath a synform or 
surface depression (e.g. Fig. 8.9b). Positive 
fl ower structures are those where the 
upward-branching faults display mostly 
reverse offsets beneath an antiform or surface 
culmination. A positive fl ower structure 
is illustrated by the geometry of faults in 
southern Dagg Basin (Fig. 8.10).

5 Strike-slip partitioning in transpression and 
transtension. There are several ways in which 
displacements may be distributed between the 
boundaries of obliquely converging or diverging 
blocks and plates. One common way is by 
simultaneous motion on separate strike-slip and 
contractional or extensional structures. In this 
scenario, strike-slip faults accommodate the 
component of oblique convergence/divergence 
that parallels the plate boundary and the 
contractional or extensional structures 
accommodate the component oriented 
orthogonal to the plate boundary. Such systems, 
where strike-slip and dip-slip motion occur in 
different places and on separate structures, are 
strike-slip partitioned. Alternatively, both strike-slip 
and margin-perpendicular components of the 
deformation may occur either on the same 
structure, such as occurs presently on the central 
oblique-slip section of the Alpine Fault in New 
Zealand (Section 8.3.3), or both components 
may be distributed more or less uniformly across 
a zone. The relative contributions of strike-slip 
and margin-perpendicular deformation allow 
further classifi cation into strike-slip-dominated 
and thrust- (or normal-) dominated systems.

 The southern segment of the Alpine Fault 
illustrates a strike-slip partitioned style of 
transpression. Near the Fiordland margin 
(Fig. 8.9a), the fault lies at a low angle (11–
25°) to the azimuth of Pacifi c–Australian 
plate motion (Barnes et al., 2005). This low 
angle results in almost pure strike-slip motion 
along the active trace of the Alpine Fault, 

which in this area is nearly vertical. The 
contractional component of deformation that 
arises from the oblique plate convergence is 
accommodated by structures located both 
west and east of the Alpine Fault. On the 
western side, a 25-km-wide thrust wedge is 
composed of a series of active thrust, reverse, 
and oblique-slip faults that steepen downward 
toward the Alpine Fault. This fault segment 
illustrates how shortening occurs 
simultaneously with dextral strike-slip motion 
in different places along the plate boundary.

 A similar strike-slip partitioned system occurs in 
the “Big Bend” region of southern California 
where thrust faults accommodate contraction 
simultaneously with dextral strike-slip 
motion. Within the San Gabriel Mountains 
(Fig. 8.8a), the San Andreas Fault lies at 
about 35° to the direction of relative motion 
between the Pacifi c and North American 
plates. This oblique angle results in 
a component of contraction that is 
accommodated by reverse faulting and 
folding within the mountains north of the 
Los Angeles Basin. The oblique angle 
also results in strike-slip motion, which is 
accommodated by a series of steep west–
northwest-trending faults includes the San 
Andreas Fault itself (Fuis et al., 2003).

 An example of a very weakly or nonpartitioned 
style of transpressional deformation occurs 
along the central segment of the Alpine Fault 
on the South Island of New Zealand. Here, 
the Alpine Fault strikes to the northeast (55°) 
and dips moderately to the southeast (Fig. 
8.2b, Section 8.3.3). Norris & Cooper (2001) 
showed that, unlike the Fiordland segment, 
slip on the central segment of the fault is 
oblique and approximately parallels the 
interplate vector (Section 8.3.3). At the 
eastern and western limits of deformation on 
the South Island, reverse faults approximately 
parallel the Alpine fault but are inferred to 
have relatively low rates and minor 
components of strike-slip motion (Norris & 
Cooper, 2001; Sutherland et al., 2006). These 
characteristics indicate that the central 
segment of the Alpine Fault system is at best 
weakly partitioned and appears to be 
nonpartitioned in some areas.
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8.3 THE DEEP 
STRUCTURE OF 
CONTINENTAL 
TRANSFORMS

8.3.1 The Dead Sea Transform

The Dead Sea Transform forms part of the Arabia–
Nubia plate boundary between the Red Sea and the 
Bitlis suture zone in eastern Turkey (Fig. 8.3a). The 
southern part of this plate boundary provides an impor-
tant example of a transtensional transform that has 
formed in relatively cool (45–53 mW m−2), strong conti-
nental lithosphere (Eckstein & Simmons, 1978; Galanis 
et al., 1986).

Since its inception in Middle Miocene times, approxi-
mately 105 km of left lateral strike-slip motion and ∼4 km 
of fault-perpendicular extension has occurred within the 
southern part of the plate boundary (Quennell, 1958; 
Garfunkel, 1981). The component of extension was initi-
ated during the Pliocene (Shamir et al., 2005). Horizontal 
velocities derived from GPS data (Section 5.8) suggest 
that relative motion between the Arabian and Nubian 
plates is occurring at the relatively slow rate of 4.3 mm a−1 
(Mahmoud et al., 2005). Most of this motion is accom-
modated by faults that form a series of en echelon 
step-overs within a narrow, 20- to 40-km-wide transform 
valley (Fig. 8.3a). Rhomb-shaped grabens, elongate pull-
apart basins, and steep normal faults have formed where 
the fault segments step to the left. One of the largest of 
these extensional features is the Dead Sea Basin, which 
is ∼135 km long, 10–20 km wide, and fi lled with at least 
8.5 km of sediment (Fig. 8.3b).

Superfi cially the pull-apart basins and normal faults 
along the transtensional Dead Sea Transform resemble 
features that characterize narrow intracontinental rift 
basins (Section 7.2). Both types of basin typically are 
asymmetric, bounded by border faults, and display 
along-strike segmentations (Lazar et al., 2006). However, 
there are important differences between the two tec-
tonic settings. Among the most signifi cant of these is 
that, along transtensional transforms, the extension is 
confi ned mostly to the crust and displays minimal 
involvement of the upper mantle (Al-Zoubi & ten 

Brink, 2002). Both gravity data (ten Brink et al., 1993) 
and wide-angle seismic refl ection and refraction pro-
fi les (DESERT Group, 2004; Mechie et al., 2005) 
support this conclusion by indicating that the Moho is 
elevated only slightly (<2 km) under the Dead Sea 
Basin. These characteristics suggest that, although 
extension infl uences the surface morphology and 
shapes of extensional basins that form along trans-
forms, it does not play a dominant role in shaping the 
deep structure of the fault system (Section 8.6.2) like 
it does in rift basins.

Seismic refl ection and refraction data collected 
across the Arava Fault (Fig. 8.3a) reveal the deep struc-
ture of the Dead Sea Transform. Beneath the surface 
trace of the fault, the base of a 17- to 18-km-thick upper 
crust (seismic basement) is vertically offset by 3–5 km 
(DESERT Group, 2004; Mechie et al., 2005). The fault 
descends vertically into the lower crust where it broad-
ens downward into a zone of ductile deformation (Fig. 
8.11). The width of this lower crustal zone is con-
strained by a ∼15-km-wide gap in a series of strong 
subhorizontal refl ectors. These refl ectors may repre-
sent either compositional contrasts related to lateral 
displacements within a narrow zone or the effects of 
localized horizontal fl ow (Al-Zoubi & ten Brink, 2002). 
Below the gap, the Moho displays a small amount of 
topography, suggesting that a narrow zone of deforma-
tion beneath the Arava Fault may extend into the 
mantle.

These physical characteristics provide important 
constraints on the dynamics of transform faults. The 
results from the DESERT geophysical survey (DESERT 
Group, 2004; Mechie et al., 2005) suggest that the ∼105 km 
of left lateral displacement between the Arabian and 
Nubian plates (Fig. 8.12a) has resulted in a profi le with a 
signifi cantly different crustal structure east and west of 
the Arava Fault (Fig. 8.12b). The occurrence of exten-
sion and transtension between fault segments results in 
localized subsidence and crustal fl exure west of the fault 
and a minor, similar defl ection of the Moho (Fig. 8.12c). 
Erosion and sedimentation result in the present day 
structure of the plate boundary (Fig. 8.12d).

8.3.2 The San Andreas Fault

The San Andreas Fault formed in Oligocene times 
(Atwater, 1970, 1989) when the Pacifi c–Farallon spread-
ing ridge collided with the western margin of North 
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America (Fig. 5.28a, Section 5.11). The fault joins the 
Mendocino Triple Junction with the Gulf of California 
and is the only continuous structure within the plate 
boundary zone (Fig. 8.1). Displacement on the fault is 
dominantly strike-slip (Fig. 7.10), although in places it 
also is associated with localized transpression and trans-
tension (Section 8.2). Heat fl ow measurements (Sass 
et al., 1994), seismicity (Fig. 7.8), and seismic refl ection 
and refraction surveys (Henstock & Levander, 2000; 
Godfrey et al., 2002) indicate that the fault has formed 
in very heterogeneous lithosphere characterized by 
large lateral variations in thickness, strength, and 
thermal properties.

Most of the evidence from northern and central 
California suggests that the San Andreas Fault pene-
trates into the lower crust as a near vertical structure 
and may offset the Moho (Holbrook et al., 1996; Hole 
et al., 2000). From west to east, the top and bottom of 
a 5- to 6-km-thick lower crust drops by up to 4 km across 
the San Andreas Fault. The Moho is similarly offset, 
albeit by only ∼2 km. Seismic velocities in the upper 
mantle show a small change across the profi le, from 
8.1 km s−1 beneath the Pacifi c to about 7.9 km s−1 beneath 
the Coast Ranges, suggesting that the latter are charac-
terized by slightly lower densities and temperatures 

that are higher by ∼550 K between 30 and 50 km depth 
(Henstock & Levander, 2000).

Beneath the Transverse Ranges, a velocity model 
(Fig. 8.13), constructed using active-source seismic 
data, reveals the presence of an 8-km-thick crustal root 
centered beneath the surface trace of the San Andreas 
Fault (Godfrey et al., 2002). The presence of this crustal 
root indicates that the transpression associated with 
the Big Bend in the San Andreas Fault (Section 8.2) 
affects the entire crust. The data also show an offset 
Moho. Estimates of the magnitude of the offset are 
variable, mostly because they depend on the specifi c 
velocities used. Published estimates show the Moho to 
be at least one and possibly several kilometers deeper 
on the northern side of the fault. A similar, small 
Moho disruption also occurs beneath the Eastern 
California Shear Zone (Zhu, 2000) (Fig. 8.1). These 
offsets suggest that a narrow zone of brittle and ductile 
deformation surrounding the southern segment of the 
San Andreas Fault also extends vertically through the 
entire crust.

In addition to an offset Moho, the velocity model 
shown in Fig. 8.13 indicates that relatively slow seismic 
velocities (6.3 km s−1), which are consistent with weak, 
quartz-rich lithologies, characterize the middle and 
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lower crust beneath the Mojave Desert. By contrast, the 
lower crust located south of the San Andreas Fault is 
characterized by relatively fast velocities (6.6–6.8 km s−1), 
suggesting that the region south of the fault is com-
posed of strong feldspar- and/or olivine-rich rocks. This 
velocity structure is compatible with the idea that the 
weak crust north of the fault has fl owed southward, 
creating the thick root beneath the Transverse Ranges 
(Fig. 8.14). In support of this hypothesis, several prom-
inent bright spots beneath the San Gabriel Mountains, 
where refl ector amplitudes are especially high (zones A 
and B in Fig. 8.14), suggest the presence of fractures and 
fl uids that have penetrated along a thrust décollement 

surface (Section 8.2) at the base of the brittle seismo-
genic zone (Fuis et al., 2001). The pattern implies that 
the décollement is associated with a weak, ductilely 
fl owing crust beneath the brittle upper crust.

The structure of the subcontinental mantle beneath 
the Transverse Ranges has been studied using the prin-
ciples of seismic anisotropy (Section 2.1.8). In this 
region a near vertical, 60- to 80-km-wide, high velocity, 
high density body extends some 200 km downward into 
the upper mantle below the surface trace of the San 
Andreas Fault (Kohler, 1999). The signifi cance of the 
anomaly is uncertain, but it may represent a zone of 
sinking material that helps to drive lower crustal fl ow 
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and enhance crustal contraction beneath the Transverse 
Ranges (Godfrey et al., 2002).

Measurements of shear wave (SKS) splitting have 
revealed an anisotropic upper mantle whose properties 
change with depth beneath the northern and central 
segments of the San Andreas Fault (Özalaybey & 
Savage, 1995; Hartog & Schwartz, 2001). Özalaybey & 
Savage (1995) interpreted these data in terms of two 
superimposed layers. The lower layer contains an east–
west direction of fast polarization that may originate 
from asthenospheric fl ow caused by the migration of 
the Mendocino triple junction ∼15 million years ago. 
Alternatively, the pattern may refl ect a fossil anisot-
ropy. The upper layer contains a fast polarization direc-
tion that parallels the trace of the San Andreas Fault 
and is well expressed on the northeast side of the San 
Andreas Fault where the lithosphere is relatively thin 
and hot. It is poorly developed on the southwest side 
where the lithosphere is relatively thick. The localiza-
tion of this upper layer near the San Andreas Fault 
suggests that the anisotropy originates from deforma-
tion in a steep 50- to 100-km-wide mantle shear zone 
(Teyssier & Tikoff, 1998). Its thickness is not well con-
strained but it may reach 115–125 km thick and involve 
the asthenospheric mantle. The change in polarization 
direction with depth directly below the fault could 
result from either a change in the amount of strain 
due to right lateral shearing (Savage, 1999) or a change 
in strain direction (Hartog & Schwartz, 2001). Addi-
tional work is needed to establish the relationship 
between the postulated mantle shear zone and faulting 
in the upper crust.

8.3.3 The Alpine Fault

The Alpine Fault system in New Zealand (Fig. 8.2a) 
provides an example of a continental transform whose 
structure refl ects a large component of fault-perpen-
dicular shortening. Geophysical observations of the sea 
fl oor south of New Zealand suggest that contraction 
originated with changes in the relative motion between 
the Australian and Pacifi c plates between 11 and 6 Ma 
(Walcott, 1998; Cande & Stock, 2004). Prior to ∼11 Ma, 
relative plate motion resulted in mostly strike-slip move-
ment on the Alpine Fault with a small component of 
fault-perpendicular shortening. After ∼11 Ma and again 
after ∼6 Ma, changes in the relative motion between the 
Pacifi c and Australian plates resulted in an increased 

component of compression across the pre-existing 
Alpine Fault, and led to increased shortening and rapid 
uplift of the Southern Alps (Norris et al., 1990; Cande 
& Stock, 2004). The changes produced an oblique 
continent–continent collision on the South Island. In 
the central part of the island uplift rates range from 5 
to 10 mm a−1 (Bull & Cooper, 1986) and are accompa-
nied by high rates of erosion. Together with the crustal 
shortening, these processes have led to the exhumation 
of high grade schist that once resided at depths of 15–
25 km (Little et al., 2002; Koons et al., 2003).

The Alpine Fault crosses the South Island between 
the Puysegur subduction zone in the south and the 
Hikurangi subduction zone in the north (Fig. 8.2a). 
During the late Cenozoic, the fault increasingly became 
the locus of slip between the Australian and Pacifi c 
plates. Geodetic measurements (Beavan et al., 1999) and 
offset glacial deposits (Fig. 8.4) suggest that it has accom-
modated some 60–80% of relative plate motion since 
the late Pleistocene (Norris & Cooper, 2001; Sutherland 
et al., 2006). The remaining motion is accommodated 
by slip on dipping thrust and oblique-slip faults in a 
>100-km-wide zone located mostly to the east of the 
fault (Fig. 8.2a). Geologic reconstructions of basement 
units suggest that a total of 850 ± 100 km of dextral 
movement has accumulated along the plate boundary 
since about 45 Ma (Sutherland, 1999). At least 460 km of 
this motion has been accommodated by the Alpine 
Fault (Wellman, 1953; Sutherland, 1999), as indicated by 
the dextral offset of the Median Batholith (Fig. 8.2a) and 
other Mesozoic and Paleozoic belts. About 100 km of 
shortening has occurred across the South Island since 
∼10 Ma (Walcott, 1998).

The subsurface structure of the Alpine Fault beneath 
the central South Island differs from that displayed by 
strike-slip-dominated transforms, such as the San 
Andreas and Dead Sea faults. Seismic imaging (Davey 
et al., 1995) indicates that the central segment of the 
Alpine Fault dips southeastward at angles of 40–50° to 
a depth in excess of 25 km (Fig. 8.2b). Motion on the 
fault is in a direction that plunges approximately 22°, 
indicating that the fault in this region is an oblique 
thrust (Norris et al., 1990). By contrast, motion on the 
Fiordland segment of the fault is almost purely 
strike-slip (Barnes et al., 2005).

A 600-km-long seismic velocity profi le, constructed 
as part of the South Island Geophysical Transect 
(SIGHT), has revealed the presence of a large crustal 
root beneath the Southern Alps (Fig. 8.2b). On the 
Pacifi c side, the Moho deepens from ∼20 km beneath 
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the Canterbury Plain to a maximum depth of 37 km 
below a point located 45 km southeast of the surface 
trace of the Alpine Fault. The root is asymmetric and 
mimics the tapered profi le of the Southern Alps at the 
surface: Moho depths southeast of the fault decrease 
more gradually than those on its northwest side 
(Scherwath et al., 2003; Henrys et al., 2004). The root is 
composed mostly of thickened upper crust with seismic 
velocities ranging between 5.7 and 6.2 km s−1 (Scher-
wath et al., 2003; Van Avendonk et al., 2004). At large 
distances from the plate boundary, the upper crust 
shows a normal thickness of ∼15 km. A thin (3–5 km) 
lower crust with a velocity range of 6.5–7.1 km s−1 
occurs at the base of the root. A low velocity zone 
occurs in the middle and lower crust below the fault 
trace, most likely as a result of high fl uid pressure 
(Section 8.6.3) (Stern et al., 2001, 2002), and extends 
downward into the upper mantle.

Below the crustal root, teleseismic data show that 
deformation becomes progressively wider with depth. 
Measurements of Pn wave speeds (Scherwath et al., 
2002; Baldock & Stern, 2005) and shear wave (SKS) split-
ting (Klosko et al., 1999; Duclos et al., 2005) suggest the 
presence of a zone of distributed ductile deformation 
in the upper mantle beneath the Alpine Fault. Fast 
polarization directions generally are oriented subparal-
lel to the fault strike (Fig. 8.15), suggesting fl ow parallel 
to the plate boundary. Baldock & Stern (2005) found 
evidence for two distinctive domains beneath the South 
Island: a 335-km-wide zone of mantle deformation in 
the south and a narrower, ∼200-km-wide zone in the 
north (Fig. 8.15). These widths and the orientation of 
the mantle anisotropy are consistent with a model of 
transpression involving 800 ± 200 km of right lateral 
strike-slip displacement, which is close to that predicted 
by geologic reconstructions.
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The vertical thickness of the mantle root beneath 
the South Island is at least 100 km (Stern et al., 2002). 
Earthquakes occur between 30 and 70 km depth (Kohler 
& Eberhart-Phillips, 2003). The root has a core of rela-
tively cool, dense, high velocity mantle lithosphere that 
has been displaced into hotter, less dense, slower asthe-
nosphere (Scherwath et al., 2006). This excess mass in 
the mantle is required by observed gravity anomalies 
and provides suffi cient force to maintain the crustal 
root, which is twice as thick as necessary to support the 
topography of the Southern Alps (Stern et al., 2000). 
One possible interpretation of the root geometry is that 
it is symmetric and has formed in response to distrib-
uted deformation and a uniform thickening of the 
lithosphere (Fig. 8.16a). Alternatively, the mantle root 
may be asymmetric, requiring the deformation to be 
concentrated on a dipping thrust surface that results 
from intracontinental subduction (Fig. 8.16b). These 
and other processes that contribute to mantle root for-
mation and its tectonic modifi cation are key elements 
of studies in virtually all zones of continental deforma-
tion (e.g. Sections 7.5, 7.8.1, 10.2.5, 10.4.6), and are dis-
cussed in more detail in Section 11.3.3. Whichever of 
these hypotheses is correct, the anomaly suggests that 

the low upper mantle temperatures beneath the South-
ern Alps are caused by cold downwelling beneath the 
collision zone. In addition, the teleseismic data indicate 
that the displacements associated with continental 
transforms can be accommodated by distributed defor-
mation in the mantle without requiring discrete fault-
ing. The great width of the deforming zone found in 
the New Zealand setting compared to other continental 
transforms may refl ect the large component of conver-
gence across the plate boundary (Stern et al., 2002).

8.4 TRANSFORM 
CONTINENTAL 
MARGINS

Where a transform fault develops during continental 
rifting the continental margin is defi ned by the trans-
form fault and is termed a transform continental margin. 
The history of such a margin, fi rst considered by 

(a) (b)
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Figure 8.16  Cartoons showing two possible modes of convergence in the mantle below the Alpine Fault (after Stern et 
al., 2002). (a) Symmetric root formed by homogeneous shortening and thickening. (b) Westward underthrusting of 
Pacifi c mantle lithosphere beneath the Australian plate forming a zone of intracontinental subduction.
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Scrutton (1979), refl ects its initial contact with its con-
tinental counterpart on the adjacent plate and subse-
quent contact with oceanic lithosphere and an ocean 
ridge as the separation proceeds. These margins differ 
from rifted or passive margins (Section 7.7) by a narrow 
(<30 km) continental shelf and a steep ocean–continent 
transition zone.

One of the best-studied transform margins is the 
Ivory Coast–Ghana margin in the north of the Gulf of 
Guinea. This margin formed during the Early Creta-

ceous opening of the South Atlantic, which was accom-
panied by transform motion within what is now the 
Romanche Fracture Zone (Fig. 8.17a) (Mascle & Blarez, 
1987; Attoh et al., 2004). The margin has undergone 
little subsequent modifi cation and so can be considered 
to represent a fossil transform margin.

The Ivory Coast–Ghana margin displays a triangu-
lar-shaped continental shelf, a steep (15°) continental 
slope, and a narrow (6–11 km) ocean–continent transi-
tion zone (Fig. 8.17b). Seismic refl ection data provide 
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evidence of folding and faulting associated with dextral 
motion within a 10- to 20-km-wide zone along the Côte 
d’Ivoire–Ghana marginal ridge (Edwards et al., 1997; 
Attoh et al., 2004). The folds display northeast-trending 
axes that are compatible with dextral motion. The faults 
record both strike-slip and dip-slip (south-side down) 
displacements that appear to refl ect at least two epi-
sodes of strike-slip deformation (Attoh et al., 2004). The 
fi rst involved a combination of strike-slip motion and 
extension on northeast-trending faults, leading to the 
formation of pull-apart basins (Section 8.2). The second 
involved strike-slip motion and folding, possibly as a 
result of a change in the direction of motion in the 
transform.

On the basis of these and other observations, it has 
been possible to reconstruct the large-scale evolution of 
the Ivory Coast–Ghana margin. Four main phases are 
illustrated diagrammatically in Fig. 8.17c–f. In phase 1 
(Fig. 8.17c) there is contact between two continents. 
Strike-slip motion results in brittle deformation of the 
upper crust and ductile deformation at depth (Section 
2.10), giving rise to pull-apart basins and rotated crustal 
blocks (Section 8.5). In phase 2 (Fig. 8.17d), as rifting 
and crustal thinning accompany the formation of a 
divergent margin, the contact is between normal thick-
ness continental lithosphere and thinner, stretched 
continental lithosphere. The newly created rift basin 
experiences rapid sedimentation from the adjacent con-
tinent and subsidence associated with the crustal thin-
ning (Section 7.7.3). The sediments are folded and 
faulted by the transform motion and blocks of material 
are uplifted (Basile & Allemand, 2002), forming scarps 
and marginal ridges (see also Section 6.2). This tecto-
nism is recorded in unconformities in the sedimentary 
sequence and other structures imaged in seismic refl ec-
tion profi les (Attoh et al., 2004). In phase 3 (Fig. 8.17e) 
new oceanic lithosphere emerges along a spreading 
center to establish an active ocean–continent transform. 
At this stage there is contact between the faulted conti-
nental margin and oceanic crust. The faulted margin 
passes adjacent to the hot oceanic crust of the spreading 
center and the thermal exchange it experiences results 
in heating and differential uplift within the faulted 
margin, especially near the continent–ocean boundary. 
Seismic data suggest magmatic underplating in the deep 
portions of the continental crust, where the magmatic 
features align with the transform faults (Mohriak & 
Rosendahl, 2003). In phase 4 (Fig. 8.17f) the transform 
is only active between blocks of oceanic crust and thus 
appears as a fracture zone (Section 6.12). The faulted 

margin is then in contact with cooling oceanic litho-
sphere and its subsidence evolves in a manner similar to 
other rifted passive margins (Section 7.7.3).

8.5 CONTINUOUS 
VERSUS 
DISCONTINUOUS 
DEFORMATION

8.5.1 Introduction

The distributed nature of deformation on the conti-
nents compared to most oceanic regions has led to the 
invention of a unique framework for describing conti-
nental deformation (Sections 2.10.5, 5.3). One of the 
most important aspects of developing this framework 
involves determining whether the motion is accommo-
dated by the movement of many coherent blocks sepa-
rated by discrete zones of deformation or by a more 
spatially continuous process. In some areas, the pres-
ence of large aseismic regions such as the Great Valley 
and Sierra Nevada in the southwestern USA (Figs 7.8, 
7.10) imply that part of the continental lithosphere 
behaves rigidly. However, in other areas, such as the 
Walker Lane and Eastern California Shear Zone, seis-
micity reveals the presence of diffuse zones of deforma-
tion that are better approximated by a regional velocity 
fi eld rather than by the relative motions of rigid blocks.

To distinguish between the possibilities, geoscien-
tists use combinations of geologic, geodetic, and seis-
mologic data to determine the degree to which 
deformation is continuous or discontinuous across a 
region (Thatcher, 2003; McCaffrey, 2005). Determining 
the characteristics of these regional velocity fi elds is 
important for developing accurate kinematic and rheo-
logical models of deforming continental lithosphere 
(Section 8.6), and for estimating where strain is accumu-
lating most rapidly and, thus, where earthquakes are 
most likely to occur.

In models involving continuous velocity fi elds, even 
though the upper brittle crust is broken into faults, the 
faults are predicted to be relatively closely spaced, have 
small slip rates, and extend only through the elastic part 
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of the crust. In this view, the velocity fi eld commonly 
is assumed to represent the average deformation of the 
whole lithosphere, which consists of a thin layer (10–
20 km) that deforms by faulting above a thick layer 
(80–100 km) that deforms by ductile creep (Jackson, 
2004). In rigid block models, faults are predicted to be 
widely spaced, slip rapidly, and extend vertically through 
the entire lithosphere, terminating as large ductile shear 
zones in the upper mantle (McCaffrey, 2005). These 
latter properties suggest that deforming continental 
lithosphere exhibits a type of behavior that resembles 
plate tectonics. In both types of model, the deformation 
may be driven by a combination of forces, including 
those acting along the edges of crustal blocks, basal 
tractions due to the fl ow of the lower crust and upper 
mantle, and gravity.

Determining the degree to which continental defor-
mation is continuous or discontinuous has proven dif-
fi cult to achieve with certainty in many areas. One 
reason for the diffi culty is that the short-term (decade-
scale) surface velocity fi eld measured with geodetic data 
usually appears continuous at large scales (kilometers 
to hundreds of kilometers) (Section 2.10.5). This char-
acteristic results because geodetic positioning tech-
niques provide velocity estimates at specifi c points in 
space, with the density of available points depending on 
the region and the scale of the investigation (Bos & 
Spakman, 2005). Most interpretation methods start 
with some interpolation of the geodetic data, with the 
fi nal resolution depending on the number and distribu-
tion of the available stations (Jackson, 2004). In addi-
tion, available information on fault slip rates is 
incomplete and those that are calculated over short tim-
escales may not be representative of long-term slip rates 
(Meade & Hager, 2005; McCaffrey, 2005). If accurate 
long-term slip rates on all crustal faults were available, 
then the problem could be solved directly. Furthermore, 
even though continental deformation is localized along 
faults over the long term, the steady-state motion of an 
elastic upper crust over the short-term contains little 
information about the rheology of the deforming mate-
rial, so the importance of the faults in the overall 
mechanical behavior of the lithosphere is unclear. This 
latter uncertainty clouds the issue of whether deforma-
tion along continental transforms is driven mostly by 
edge forces, basal tractions, or gravitational forces 
(Savage, 2000; Zatman, 2000; Hetland & Hager, 2004) 
(Section 8.5.3).

Despite the diffi culties involved in quantifying con-
tinental deformation, geoscientists have been able to 

show that elements of both continuous and discontinu-
ous representations fi t the observations in many areas. 
In this section, the results of geodetic measurements 
and velocity fi eld modeling are discussed in the context 
of the San Andreas Fault system, whose structural 
diversity illustrates the variety of ways in which strain 
may be accommodated along and adjacent to continen-
tal transforms.

8.5.2 Relative plate motions 
and surface velocity fi elds

In the southwestern USA, relative motion between the 
Pacifi c and North American plates occurs at a rate of 
about 48–50 mm a−1 (DeMets & Dixon, 1999; Sella et al., 
2002). Geodetic and seismologic data suggest that up to 
70% of this motion presently may be accommodated 
by dextral slip on the San Andreas Fault (Argus & 
Gordon, 2001). Out of a total of approximately 1100–
1500 km of strike-slip motion, since the Oligocene 
(Stock & Molnar, 1988), only 300 and 450 km of right 
lateral slip have accumulated along the southern and 
northern reaches of the San Andres Fault, respectively 
(Dillon & Ehlig, 1993; James et al., 1993). The remaining 
movements, therefore, must be accommodated else-
where within the diffuse zone of deformation that 
stretches from the Coast of California to the Basin and 
Range (Fig. 8.1).

Along its ∼1200 km length, the San Andreas Fault is 
divided into segments that exhibit different short-term 
mechanical behaviors. Some segments, such as those 
located north of Los Angeles and north of San Fran-
cisco, have ruptured recently, generating large historical 
earthquakes, and now exhibit little evidence of slip. 
These segments appear locked at depth and are now 
accumulating signifi cant nonpermanent (elastic) strains 
near the surface, making them a major potential earth-
quake hazard (Section 2.1.5). Between the two locked 
segments is a 175-km-long fault segment in central 
California that is characterized by aseismic slip, shallow 
(<15 km depth) microearthquakes, and few large his-
torical earthquakes. Along this segment, the aseismic 
slip refl ects a relatively steady type of creep that results 
from frictional properties promoting stable sliding on 
the fault plane (Scholz, 1998). These different behaviors, 
and especially the occurrence of aseismic creep on or 
near faults at the surface, complicate the estimation of 
horizontal velocity fi elds (Section 8.5.3).
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In northern California, earthquakes reveal the pres-
ence of a ∼120-km-wide zone of faulting within the 
Coast Ranges between the Pacifi c plate on the west and 
the Great Valley–Sierra Nevada microplate on the east 
(Fig. 8.18a). In this region, horizontal velocities (Fig. 
8.18b) show an approximately uniform distribution of 
right lateral motion toward N29°W (Savage et al., 
2004a). This direction is close to the local strike (N34°W) 
of the San Andreas Fault and results in dominantly 
strike-slip motion along the major faults in the area. A 
velocity profi le along a great circle passing through the 
Pacifi c–North America pole of rotation (Fig. 8.18c) 
illustrates this result by showing the components of 
motion that occur parallel to and perpendicular to the 
trace of the San Andreas Fault. Slip rates parallel to the 
fault are highest. Other faults display lower rates. In 
addition, the westward movement of the Great Valley–
Sierra Nevada block relative to the Pacifi c plate (Dixon 
et al., 2000; Williams et al., 2006) and the slight obliquity 
between this motion and the trace of the San Andreas 
Fault (Prescott et al., 2001; Savage et al., 2004a) produces 
a small component of contraction across the Coast 
Ranges. This latter result is supported by both geologic 
data (Fig. 8.7b, inset) and by earthquake focal mecha-
nisms that show thrust solutions west of the Great 
Valley (Fig. 7.10). By contrast, little deformation occurs 
across the Great Valley and within the Sierra Nevada, 
suggesting that these regions form a coherent, rigid 
block.

In southern California, the distribution of earth-
quakes indicates that relative plate motion is accom-
modated across a zone that is several hundreds of 
kilometers wide (Fig. 7.8). South of latitude 34°N, 
some motion is distributed between the San Jacinto and 
San Andreas faults (Fig. 8.1). Becker et al. (2005) esti-
mated that the former accommodates some 15 mm a−1 
of slip and the latter ∼23 mm a−1. Within the Transverse 
Ranges, where crustal shortening and surface uplift 
accommodate a component of the motion (Fig. 8.8), 
slip on the San Andreas Fault appears to be signifi cantly 
slower (Meade & Hager, 2005). Other displacements 
occur along major sinistral faults, such as the Garlock, 
Raymond Hill, and Cucamonga faults (Fig. 8.8a), and 
by the clockwise and anticlockwise rotation of crustal 
blocks about vertical axes (Savage et al., 2004b; Bos & 
Spakman, 2005).

Figure 8.19a shows an example of a velocity fi eld for 
southern California in a local reference frame (Meade 
& Hager, 2005). Stations on the North American plate 
move toward the southeast at about half of the relative 

plate velocity, those on the Pacifi c plate move toward 
the northwest. The observed velocities vary smoothly 
across the San Andreas Fault. Two profi les (Fig. 8.19b) 
(gray shaded areas) show similar total velocity changes 
of ∼42 mm a−1 but distinctly different velocity gradients. 
Along the northern profi le, the fault-parallel velocity 
drops by ∼30 mm a−1 across the San Andreas Fault and 
decreases slightly through the San Joaquin Valley before 
distributing some 12 mm a−1 across the Eastern Califor-
nia Shear Zone. By contrast, the southern profi le shows 
a total velocity drop across a distance that is about 50% 
that in the northern profi le. This refl ects the difference 
in the geometry of the fault system from north to 
south. The fl at portion of the northern profi le mirrors 
the relative stability of the ∼200-km-wide Great Valley–
Sierra Nevada microplate, with the deforming central 
segment of the San Andreas Fault to the west and 
Eastern California Shear Zone to the east. By contrast, 
the southern profi le shows that the 40-km-wide zone 
between the San Andreas and San Jacinto faults accom-
modates approximately 80% of the relative plate 
motion.

North of the Garlock Fault, relative motion is 
defl ected east of the Sierra Nevada by deformation in 
the southern Walker Lane (Figs 7.9, 8.1). This eastward 
defl ection refl ects an extensional step-over between the 
northwest-trending faults of the Eastern California 
Shear Zone and those located along the eastern margin 
of the Sierra Nevada (Oldow, 2003). North of the step-
over, the zone of deformation broadens into the central 
and northern Walker Lane and central Nevada seismic 
belt (Fig. 8.20a). Earthquake focal mechanisms (Fig. 
7.10) indicate that displacements in these latter belts 
involve both strike-slip and normal fault motion on vari-
ably oriented faults. Horizontal velocities increase from 
2–3 mm a−1 to ∼14 mm a−1 from the central Great Basin 
(Section 7.3) toward the Sierra Nevada (Oldow, 2003). 
Accompanying this rate increase, the directions of 
motion rotate clockwise from west-northwest to north-
west (Fig. 8.20b), indicating an increase in a component 
of dextral strike-slip deformation from east to west. 
Oldow (2003) showed that two distinctive zones of 
transtension characterize this belt: one that is domi-
nated by extension on the west (domain III) and another 
that is dominated by strike-slip motion on the east 
(domain II in Fig. 8.20b). Together with deformation in 
the central and eastern Basin and Range (Section 7.3), 
these belts accommodate up to 25% of the relative 
motion between the Pacifi c and North American plates 
(Bennett et al., 1999). This transfer of motion east of 
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the Sierra Nevada helps to explain the limited amount 
of slip that is observed on the San Andreas Fault.

8.5.3 Model sensitivities

An important means of evaluating a modeled velocity 
fi eld involves comparing the short-term slip rates on 
major faults implied by the model with the average 

long-term slip rates derived from geologic data. In some 
settings, these comparisons show that the continuum 
approach to estimating velocity fi elds explains most of 
the observed displacements. For example, Savage et al. 
(2004a) showed that a uniform velocity fi eld involving 
distributed right lateral shear within a 120-km-wide 
zone in the Coast Ranges (Fig. 8.18) matches the vector 
sum of all the average slip rates determined indepen-
dently for all major faults across the zone. Their approx-
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Figure 8.19  Results from GPS measurements and block modeling of crustal motion in southern California (images 
provided by B. Meade and modifi ed from Meade & Hager, 2005, by permission of the American Geophysical Union. 
Copyright © 2005 American Geophysical Union). (a) Velocities observed during periods between earthquakes (i.e. 
interseismic velocities), when strain accumulations are elastic and appreciable slip on faults is absent. Confi dence 
ellipses have been removed to reduce clutter. The two shaded swaths show regions in which fault parallel velocities are 
drawn in two profi les (b). Vertical lines in profi les give uncertainties of one standard deviation. Gray shaded areas show 
locations of the San Andreas Fault (SAF), San Jacinto Fault (SJF), and the Eastern California Shear Zone (ECSZ). 
Differences in velocity gradients refl ect fault spacing. (c) Block model boundaries (white zones) superimposed on a 
shaded relief map showing major fault traces. (d) Residual velocities. Gray lines show block boundaries. Note that 
velocity vectors are drawn at a scale that is fi ve times larger than in part (a).
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imation of a uniform strain rate across the Coast Ranges 
yielded a slip rate of ∼39 mm a−1, which is consistent 
with the average slip rates assigned to the main faults 
using offset geologic and cultural features over time 
periods ranging from hundreds to several tens of thou-
sands of years. However, in other areas, such as south-
ern and eastern California (Fig. 8.19a) where the fault 
geometry is very complex, there are large mismatches 
between the geodetic and geologic slip rates. These 
mismatches have prompted investigators to use alterna-
tives to the continuum model approach to describe 
the surface deformation (McCaffrey, 2005; Meade & 
Hager, 2005; Bos & Spakman, 2005). One of the most 
useful of these alternative approaches employs block 
rotations.

Block models of continental deformation provide a 
framework for incorporating aspects of the long-term, 

discontinuous deformation caused by faulting into esti-
mates of the velocity fi eld. In these models, calculated 
fault slip rates take into account the effects of both the 
rotation of fault-bounded blocks about vertical or 
inclined axes and the steady-state elastic accumulation 
of strain (i.e. creep) on or near faults. The blocks are 
defi ned as any number of closed polygons on the 
Earth’s surface that cover the modeled region (Fig. 
8.19c). In most applications, the block boundaries coin-
cide with major faults; however, in some cases the 
choice is less clear. Each point inside the blocks is 
assumed to rotate with the same angular velocity 
(McCaffrey, 2005). The description of the motion is 
mathematically similar to methods of estimating the 
rotations of large tectonic plates (Section 5.3). However, 
a potential problem is that the use of short-term geo-
detic data results in elastic strain rates inside the blocks 
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as well as along their boundaries, causing the surface 
velocities to deviate from the “rigid plate” requirement 
of plate tectonics.

In the case of southern California, the incorporation 
of block rotations and the small-scale displacement dis-
continuities associated with creep on and near major 
faults has provided a relatively good fi t to the available 
geodetic data (Becker et al., 2005; McCaffrey, 2005; 
Meade & Hager, 2005). A common way of evaluating 
the fi t of the models involves the calculation of residual 
velocities, which represent the difference between the 
modeled and observed values. An example of one of 
these comparisons is shown in Fig. 8.19d. In this applica-
tion, crustal blocks were chosen to minimize the resid-
uals, while still conforming to known boundary 
conditions, such as the orientation of fault traces and 
the sense of slip on them. The comparison shows 
that despite the improvement over some continuous 
models there are still areas of mismatch. In the Eastern 
California Shear Zone, for example, Meade & Hager 
(2005) found that slip rates estimated using geodetic 
data and the results of block models are almost twice 
as fast as the 2 mm a−1 geologic estimates (Beanland & 
Clark, 1994) for the past 10,000 years. A similar discrep-
ancy occurs on the San Jacinto Fault. In addition, the 
modeled slip rates on the San Bernadino segment of the 
San Andreas Fault are much slower than geologically 
determined rates for the past 14,000 years. Finding ways 
to explain and minimize these mismatches remains an 
important area of research.

One possible explanation of why geodetic and geo-
logic rates commonly mismatch lies with the mechani-
cal behavior of large faults and the vertical extent of 
brittle faulting within the lithosphere. Because slip on a 
fault plane near the surface is controlled by its frictional 
properties (Section 2.1.5), there is a tendency for faults 
to become stuck or locked for certain periods of time 
(Section 8.5.2). This locking may result in elastic strain 
rates that are evident in short-term geodetic data but 
not in the long-term record of permanent displace-
ments (McCaffrey, 2005). To address this problem, inves-
tigators utilize the concept of the elastic locking depth 
(Savage & Burford, 1973). This depth is defi ned as the 
level below which there is a transition from localized 
elastic strain accumulations on a fault plane to distrib-
uted aseismic fl ow. The value of the parameter is related 
directly to the mechanical strength of the fault and the 
geometry of deformation at the surface. Strong faults 
and wide zones of surface deformation correspond to 
deeper locking depths.

Published estimates of locking depths for the San 
Andreas Fault typically range from 0 to 25 km. However, 
locking depths are not known a priori and, therefore, 
must be inferred on the basis of seismicity, long-term 
geologic slip rates, deformation patterns at the surface, 
or inferences about the rheology of the lithosphere. 
Locking depths that fall signifi cantly below the pre-
dicted depth of the brittle–ductile transition (8–15 km) 
for a typical geotherm, or below the seismogenic layer, 
usually require some sort of explanation. In some cases, 
slow slip rates on the faults have been used to infer 
relatively deep locking depths for some segments of the 
San Andreas Fault (Meade & Hager, 2005; Titus et al., 
2005). These and other studies illustrate how the choice 
of locking depth is directly related to inferences about 
slip rates on or near major faults.

Other reasons why geodetic and geologic slip rates 
commonly differ may include inherent biases during 
sampling or changes in the behavior of faults over time. 
This latter possibility is especially important when the 
effects of long-term, permanent strains are considered 
(Jackson, 2004). Meade & Hager (2005) concluded that 
the differences between their calculated slip rates and 
geologic slip rates on faults might be explained by the 
time-dependent behavior of the fault system. In this 
interpretation, the San Bernadino segment of the San 
Andreas Fault is less active now than it has been in the 
past. By contrast, the San Jacinto Fault and faults in the 
Eastern California Shear Zone are relatively more active 
now compared with geologic estimates, possibly due to 
the effects of earthquake clusters. This possibility high-
lights the importance of combining geologic, geodetic, 
and seismologic information to better understand the 
relationship between the short- and long-term (perma-
nent) behaviors of faults.

By incorporating elements of permanent deforma-
tion into block rotation models, McCaffrey (2005) found 
that the largest blocks in the southwestern US, includ-
ing the Sierra Nevada–Great Valley and the eastern 
Basin and Range Province, show approximately rigid 
behavior after all nonpermanent (elastic) strain has 
been removed from the data. Most of the blocks rotate 
about vertical axes at approximately the same rate as 
the Pacifi c plate (relative to North America), suggesting 
that, locally, rotation rates are communicated from 
block to block. This and several other properties of the 
model support a plate tectonic-style description of 
deformation in the western USA, where the rotating 
blocks behave like microplates. Nevertheless, the 
problem of determining the mechanisms of the defor-
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mation is far from resolved. Many other models have 
been proposed for this same region (e.g. Flesch et al., 
2000) that also fi t the geodetic observations and most 
investigators agree that the deformation probably 
results from a combination of mechanisms rather than 
a single one.

Part of the problem of determining the specifi c 
mechanisms of continental deformation is that success 
in fi tting geodetic observations neither proves any given 
model nor precludes other possibilities (McCaffrey, 
2005). In addition, the results of mechanical modeling 
have shown that the steady-state motion of an elastic 
upper crust is insensitive to the properties of any fl ow 
fi eld below it (Savage, 2000; Zatman, 2000; Hetland & 
Hager, 2004). This latter result means that short-term 
geodetic observations of deformation between large 
earthquakes (i.e. interseismic deformation) provide no 
diagnostic information about the long-term behavior of 
a viscous layer in the deep crust or mantle. One espe-
cially promising area of research suggests that transient 
deformation following large earthquakes offers the 
prospect of inferring the rheology of lower viscous 
layers (Hetland & Hager, 2004). However, presently, the 
specifi c mechanisms and the relative contribution of 
edge forces, basal tractions, and buoyancy forces to the 
deformation in most regions remain highly speculative, 
with the results of models depending strongly on the 
imposed boundary conditions.

8.6 STRAIN 
LOCALIZATION AND 
DELOCALIZATION 
MECHANISMS

8.6.1 Introduction

One of the most interesting questions about continen-
tal transforms and major strike-slip faults is how these 
structures accomplish the large displacements that are 
observed on them. To determine the mechanisms that 
allow these displacements to occur, geoscientists have 
developed mechanical models to investigate the pro-
cesses that lead to a localization or delocalization of 

strain during strike-slip faulting. As is the case in other 
tectonic settings (e.g. Section 7.6.1), competition among 
these processes, and whether they result in a net 
weakening or a net strengthening of the lithosphere, 
ultimately controls the large-scale patterns of the 
deformation.

8.6.2 Lithospheric 
heterogeneity

The distribution of strain within deforming continental 
lithosphere is strongly infl uenced by horizontal varia-
tions in temperature, strength, and thickness (e.g. Sec-
tions 2.10.4, 2.10.5). In New Zealand, for example, 
oblique convergence on the central part of the South 
Island has resulted in deformation that occurs almost 
entirely on the Pacifi c plate side, leaving the Australian 
plate relatively undisturbed (Fig. 8.2a). This asymmetry 
refl ects the greater initial crustal thickness and weaker 
rheology of the Pacifi c plate compared to that of the 
Australian plate, causing the former to deform more 
easily (Gerbault et al., 2002; Van Avendonk et al., 2004).

To investigate the effects of initial variations in 
crustal thickness and lithospheric temperature on strike-
slip deformation patterns, Sobolev et al. (2005) con-
ducted numerical experiments of a simple transform 
fault (Fig. 8.21). In these models, the crust consists of 
two layers overlying mantle lithosphere. Velocities of 
30 mm a−1 are applied to the sides of the lithosphere, 
forming a zone of left lateral strike-slip deformation. 
Although motion takes place in and out of the plane of 
observation, all other model parameters vary in only 
two dimensions. The rheological description of the 
crustal layers allows both brittle and ductile styles of 
deformation to develop, whichever is the most ener-
getically effi cient. Brittle deformation is approximated 
with a Mohr–Coulomb elastic-plastic rheology. Ductile 
fl ow employs a nonlinear, temperature-dependent, 
viscous-elastic rheology (see also Section 7.6.6). Both 
rheologies allow for heating during deformation as a 
result of friction or ductile fl ow.

In the fi rst model, (Fig. 8.21a) the lower crust is 
thicker on the left than on the right and temperature is 
kept constant at the base of the lithosphere. The second 
(Fig. 8.21b) shows a constant crustal thickness and a 
thermal perturbation in the central part of the model. 
In the third model (Fig. 8.21c), both crustal thickness 
and temperature heterogeneities are present. This latter 
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model mimics the structure of a rifted continental 
margin (Section 7.7) where crustal thickness decreases 
linearly from right to left and high lithospheric tem-
peratures occur at shallow depths below the thinnest 
crust. In all three models, multiple faults form in the 
brittle upper crust during the fi rst 1–2 Ma. The number 
of active faults gradually decreases over time until a 
single fault dominates the upper crust at about 2 Ma. 
Over time a zone of high strain rate in the ductile lower 
crust and mantle lithosphere narrows and stabilizes.

These results show that, for each model, strain local-
izes where lithospheric strength is at a minimum, 
regardless of the cause of the weakening. They also 
show that crustal thickness and the initial thermal state 
of the lithosphere play key roles in localizing strike-slip 
deformation. These effects may explain why strike-slip 
faulting has localized in some areas of the southwestern 
USA (Figs 7.9, 8.1), such as the Eastern California Shear 
Zone and Walker Lane, leaving others, such as the 
Great Valley–Sierra Nevada and central Great Basin, 
virtually undeformed (Bennett et al., 2003). In this case, 
strain localization may be related to differences in heat 
fl ow between the western Basin and Range Province 
and the Sierra Nevada (Section 7.3). However, it has not 
been demonstrated whether the elevated heat fl ux is a 
cause or a product of strain localization. Alternatively, 
crustal thickness variations and horizontal gradients in 
gravitational potential energy and viscosity may con-
centrate the deformation (Section 7.6.3).

In addition to horizontal variations in strength, a 
vertical stratifi cation of the lithosphere into weak and 
strong layers greatly infl uences how strain is accom-
modated during strike-slip deformation. To illustrate 
this effect, Sobolev et al. (2005) compared patterns of 
strain localization and delocalization in two models of 
pure strike-slip deformation that incorporate two differ-
ent crustal rheologies. In the fi rst model (Plate 8.1a 
between pp. 244 and 245), the crust is strong and 
modeled using laboratory data on hydrous quartz and 
plagioclase. Three layers correspond to a brittle upper 
crust, a brittle-ductile middle crust, and a mostly ductile 
lower crust. In the second model (Plate 8.1b between 
pp. 244 and 245), the effective viscosity of the crust at a 
fi xed strain rate is reduced tenfold. The models also 
incorporate a reduction in crustal thickness from right 
(east) to left (west) in a manner similar to that observed 
in the Dead Sea Transform (Fig. 8.11). Lithospheric 
thickness is defi ned by the 1200°C isotherm and 
increases to the east, simulating the presence of a thick 
continental shield on the right side of the model.

The results of these two experiments show that 
in both the strong crust and weak crust models, 
strain localizes into a sub-vertical, lithospheric-scale 
zone at the margin of the thick shield region, where 
the temperature-controlled lithospheric strength is at 
a minimum (Plate 8.1a,b between pp. 244 and 245). 
In the case of the strong crust, the zone of largest 
crustal deformation is located above a zone of mantle 
deformation and is mostly symmetric (Plate 8.1c 
between pp. 244 and 245). These characteristics result 
from the strong mechanical coupling between the 
crust and upper mantle layers. In the 15-km-thick 
brittle upper crust, shear strain localizes onto a single 
vertical fault. The deformation widens with depth 
into a zone of diffuse deformation in the middle 
crust and then focuses slightly in the uppermost part 
of the lower crust. In the model with weak crust, the 
lower crust is partially decoupled from both the 
upper mantle and the upper and middle crusts (Plate 
8.1d between pp. 244 and 245). Consequently, the 
deformation is delocalized, asymmetric, and involves 
more upper crustal faults. The distribution of viscos-
ity (Plate 8.1e,f between pp. 244 and 245) also illus-
trates the mechanical decoupling of layers in the 
weak crustal model. This decoupling results because 
the deforming lithosphere becomes very weak due to 
the dependency of the viscosity on strain rate and 
temperature, which increases due to strain-induced 
heating. In several variations of this model, which 
involve the addition of a minor component of trans-
form-perpendicular extension, second order effects 
appear, such as a small defl ection of the Moho, the 
development of deep sedimentary basins, and asym-
metric topographic uplift (Sobolev et al., 2005). These 
latter features match observations in the Dead Sea 
Transform (Section 8.3.1).

These numerical models illustrate that the localiza-
tion and delocalization of strain during strike-slip defor-
mation is infl uenced by vertical contrasts in rheology as 
well as initial horizontal contrasts in crustal thickness 
and temperature. The width of the deforming zone is 
controlled mostly by strain-induced heating and the 
temperature- and strain-rate dependency of the viscos-
ity of the rock layers. Lithospheric thickness appears to 
play a minor role in controlling fault zone width. The 
results also highlight how the interplay between forces 
applied to the edges of plates or blocks and the effects 
of ductile fl ow in the lower crust and mantle result in 
a vertical and horizontal partitioning of strain within 
the lithosphere.
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8.6.3 Strain-softening 
feedbacks

Once strain starts to localize (Section 8.6.2), several 
mechanisms may enhance crustal weakening and 
reduce the amount of work required to continue the 
deformation. Two of the most infl uential of these 
strain-softening mechanisms involve increased pore 
fl uid pressure, which results from crustal thickening, 
and the vertical advection of heat, which results from 
concentrated surface erosion and the exhumation of 
deep crustal rocks. These processes may cause strain to 
continue to localize as deformation progresses, result-
ing in a positive feedback. The transpressional plate 
boundary on the South Island of New Zealand illus-
trates how these strain-softening feedbacks allow a 
dipping fault plane to accommodate large amounts 
of strain.

One of the principal results of the SIGHT program 
(Section 8.3.3) is an image of a low velocity zone 
below the surface trace of the Alpine Fault (Fig. 8.2b). 
In addition to low seismic wave speeds, this zone 

includes an elongate region of very low (40 ohm-m) 
resistivity in the middle to lower crust that generally 
parallels the dip of the Alpine Fault (Fig. 8.22). 
Magnetotelluric soundings show that the region forms 
part of a U-shaped pattern of elevated conductivity 
that rises northwestward toward the trace of the 
Alpine Fault, attains a near-vertical orientation at 
∼10 km depth, and approaches the surface about 5–
10 km southeast of the fault trace (Wannamaker 
et al., 2002). Stern et al. (2001) concluded that the low 
velocities and resistivities result from the release of 
fl uids during deformation and prograde metamor-
phism in thickening continental crust (Koons et al., 
1998). In support of this interpretation, areas of 
hydrothermal veining and gold mineralization of 
deep crustal origin coincide with the shallow con-
tinuation of the conductive zone (Wannamaker et al., 
2002). Similar steeply dipping conductive features 
coincide with active strike-slip faults in other settings, 
including the San Andreas Fault (Unsworth & Bedro-
sian, 2004), the Eastern California Shear Zone, and 
the southern Walker Lane (Park & Wernicke, 2003). 
These observations suggest that elevated pore fl uid 
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pressures characterize the Alpine Fault and other 
major strike-slip fault zones.

Laboratory experiments on the mechanics of fault-
ing show that high fl uid pressures in the crust result in 
a reduction in the magnitude of differential stress 
required to slip on a fault (Section 2.10.2). In New 
Zealand, this reduction in the crustal strength is implied 
by an unusually thin (8 km) seismogenic layer, which 
coincides with the top of the low velocity zone beneath 
the Alpine Fault (Leitner et al., 2001; Stern et al., 2001). 
These relationships suggest that high fl uid pressures 
have reduced the amount of work required for defor-
mation on the Alpine Fault, allowing large magnitudes 
of slip. As the convergent component of deformation 
on the South Island increased during the late Cenozoic, 
the magnitude of crustal thickening and fl uid release 
also increased, resulting in a positive feedback that led 
to a further focusing of strain in the fault zone.

In addition to high fl uid pressures, surface uplift and 
enhanced erosional activity may result in a strain-soft-
ening feedback. The removal of surface material due to 

high rates of erosion unloads the lithosphere and causes 
the upward advection of heat as deep crustal rocks are 
exhumed (Koons, 1987; Batt & Braun, 1999; Willett, 
1999). If the exhumation is faster than the rate at which 
the advected heat diffuses into the surrounding region, 
then the temperature of the shallow crust rises (Beau-
mont et al., 1996). This thermal disturbance weakens 
the lithosphere because of the high sensitivity of rock 
strength to temperature (Section 2.10).

In the case of the Southern Alps, moisture-laden 
winds coming from the west have concentrated erosion 
on the western side of the mountains, resulting in rapid 
(5–10 mm a−1) surface uplift, an asymmetric topographic 
profi le, and the exhumation of deep crustal rocks on 
the southeast side of the mountain range (Fig. 8.23a). 
Thermochronologic data and exposures of metamor-
phic rock show an increase in the depth of exhumation 
toward the Alpine Fault from the southeast (Kamp 
et al., 1992; Tippet & Kamp, 1993). Surface uplift and 
exhumation have progressively localized near the Alpine 
Fault since the Early Miocene, resulting in the exposure 
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of rocks that once resided at mid-crustal depths (Batt 
et al., 2004).

To investigate how erosion, exhumation, and heat 
advection cause these asymmetries and result in the 
localization of strain on a dipping fault plane, research-
ers have developed numerical experiments of plate con-
vergence and transpression (Koons, 1987; Beaumont 
et al., 1996; Batt & Braun, 1999; Willet, 1999). In most 
of these experiments, crustal deformation is driven by 
underthrusting the mantle lithosphere of one plate 
beneath an adjacent, stationary plate (Fig. 8.23b). As 
mantle lithosphere subducts, the crust accommodates 
the convergence by deforming. A doubly vergent accre-
tionary wedge develops, whose geometry is determined 
by the internal strength of the crust and mantle, the 
coeffi cient of friction on the basal detachment (Dahlen 
& Barr, 1989), and patterns of erosion at the surface 
(Willett, 1992; Naylor et al., 2005).

Figure 8.23c,d show the results of an experiment 
applied to the Southern Alps. In this case, the moving 
and stationary blocks represent the Pacifi c and Austra-
lian plates, respectively. Initial conditions include a 30-
km-thick crust with a feldspar-dominated rheology and 
a fi xed temperature of 500°C at its base (Batt & Braun, 
1999; Batt et al., 2004). Over a period of 10 Ma, two 
ductile shear zones form and defi ne a doubly vergent 
wedge that becomes progressively more asymmetric 
through time (Fig. 8.23c,d). A retro-shear zone develops 
into a major, crustal-scale thrust. A pro-shear zone also 
forms but does not accumulate signifi cant strain. Surface 
erosion and crustal exhumation are concentrated 
between the two shear zones, reaching maxima at the 
retro-shear zone. The effects of these processes are illus-
trated in Fig. 8.23c by the white arrows, which show the 
exhumation trajectory of a selected particle. The dashed 
envelope above the model represents the approximate 
volume of eroded material. As heat is advected upwards 
in response to the exhumation the mechanical behavior 
of the deforming region changes. The heat decreases 
the strength of the retro-shear zone, which brings hot 
material from the base of the crust to the surface, and 
weakens the fault. This preferential weakening of the 
retro-shear zone relative to the pro-shear zone increases 
the localization of strain on the former and enhances 
the asymmetry of the model (Fig. 8.23d).

The results of this experiment explain how erosion, 
exhumation, and thermal weakening result in a concen-
tration of strain along a dipping thrust surface in the 
upper crust during continental collision. The model 
predictions match many of the patterns observed in the 

Southern Alps. Nevertheless, discrepancies also exist. 
For example, despite the thermal weakening and strain 
localization caused by exhumation and thermal advec-
tion, the retro-shear zone in Fig. 8.23b remains several 
kilometers thick and does not narrow toward the 
surface. Batt & Braun (1999) speculated that this lack of 
fi t between the model and observations in New Zealand 
refl ects the absence of strain-induced weakening, high 
fl uid pressures, and other processes that affect strain 
localization (e.g. Section 7.6.1). Nevertheless, the model 
explains the prominence of the Alpine Fault as a dis-
crete, dipping surface that accommodates large amounts 
of slip in the Southern Alps.

To determine whether positive strain-softening feed-
backs allow the Alpine Fault to accommodate oblique-
slip along a single dipping fault, Koons et al. (2003) 
developed a three-dimensional numerical description of 
transpression for two end-member cases. In both cases, 
a three-layered Pacifi c plate is dragged along its base 
toward an elastic block located on the left side of the 
model (Fig. 8.24a). The elastic block simulates the 
behavior of the strong, relatively rigid Australian plate; 
the crustal layers of the Pacifi c plate accommodate the 
majority of the strain. A pressure-dependent Mohr–
Coulomb rheology simulates brittle behavior in a strong 
upper crust. Ductile deformation in a weak lower crust 
is described using a thermally activated plastic rheology. 
As in most other models of this type, a zone of basal 
shear separates the lower crust from Pacifi c mantle 
lithosphere. Oblique plate convergence results in veloc-
ities of 40 mm a−1 parallel to and 10 mm a−1 normal to a 
vertical plate boundary. Maintaining the western slope 
at a constant elevation simulates asymmetric erosion at 
the surface.

In the fi rst experiment (Figs. 8.24a-f), the Pacifi c 
plate exhibits a horizontally layered crust. As deforma-
tion proceeds, two well-defi ned fault zones extend 
down from the plate boundary through the upper 
crust, forming a doubly vergent wedge. This wedge 
includes a vertical fault that accommodates lateral 
(strike-slip) movement and an east-dipping convergent 
(thrust) fault along which deep crustal rocks are 
exhumed (Fig. 8.24f). In the second experiment (Figs. 
8.24g–l), the Pacifi c plate exhibits a thermally per-
turbed crust in which advection of hot rock has weak-
ened the upper crust and elevated the 350°C isotherm 
to within the upper 10 km of the crust. In this model, 
strain is concentrated within the thermally perturbed 
region. Through the upper crust, the lateral and con-
vergent components of strain occur along the same 
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eastward-dipping fault surface. In the lower crust, the 
two components separate, producing two zones of 
deformation (Fig. 8.24l). These results illustrate how an 
evolving thermal structure resulting from asymmetric 
erosion and exhumation stabilizes the lateral and con-
vergent components of oblique collision along a single 
dipping fault. They also suggest that a partitioning of 
deformation onto separate strike-slip and dip-slip faults 
is favored where thermal weakening is absent.

8.7 MEASURING THE 
STRENGTH OF 
TRANSFORMS

Measures of the strength of continental transforms and 
large strike-slip faults provide a potentially useful means 
of testing models of continental rheology and evaluat-
ing the driving forces of continental deformation 
(Section 8.5.1). In many intraplate areas, the long-range 
(1000–5000 km) uniformity of stress orientations and 
their relative magnitudes inferred from measures of 
strain or displacement suggest that plate-driving forces 
provide the largest component of the total stress fi eld 
(Zoback, 1992). Models of GPS-derived horizontal 
velocities in some regions, such as southern California, 
tend to support this view (McCaffrey, 2005). However, 
in other areas, such as the Basin and Range Province 
(Section 7.3), stresses caused by lateral variations in 
crustal buoyancy (Section 7.6.3) also appear to contrib-
ute signifi cantly to the horizontal stress fi eld (Sonder & 
Jones, 1999; Bennett et al., 2003).

There have been numerous attempts to evaluate the 
strength of the San Andreas Fault using various geo-
logic and geophysical indicators (Zoback et al., 1987; 
Zoback, 2000). For some fault segments (Fig. 8.25), 
stress data suggest that the direction of maximum hor-
izontal compression (σ1, Section 2.10.1) lies at a high 
angle (β) to the fault zone. In central California these 
angles are as high as β = 85°. In southern California 
they are lower at β = 68° (Townend & Zoback, 2004). 
These observations are problematic because classical 
theories of faulting (Section 2.10.2) cannot explain com-
pression at high angles to a strike-slip fault with such a 
small component of convergence. Moreover, in the case 

of the San Andreas Fault, a paradox exists in that heat 
fl ow observations (Lachenbruch & Sass, 1992) show no 
frictionally generated heat, so that the fault must slip in 
response to very low shear stresses.

One possible explanation of the high-angle stress 
directions in California is that the San Andreas is an 
extremely weak fault that locally reorients the regional 
stresses (Mount & Suppe, 1987; Zoback et al., 1987; 
Zoback, 2000). In this interpretation, shear stresses far 
from the fault are high and contained by the frictional 
strength of the crust, but shear stresses on planes paral-
lel to the “weak” faults of the San Andreas system must 
be quite low. Consequently, the principal stresses 
become reoriented so as to minimize shear stresses on 
planes parallel to the San Andreas Fault. This requires 
a rotation such that the direction of maximum horizon-
tal compressive stress (σ1) becomes nearly orthogonal 
to the fault if the regional compression direction is at 
an angle in excess of 45° to the fault, which occurs at 
present. However, if this angle is less than 45°, the 
maximum horizontal compression is rotated into 
approximate parallelism with the fault. This latter type 
of rotation may have characterized the San Andreas 
Fault at some time in the past when relative plate 
motions were different than they are now.

This model of a weak continental strike-slip fault 
offers one explanation of confl icting geologic and geo-
physical data in California. However, alternative inter-
pretations involving a strong or an intermediate-strength 
San Andreas Fault also have been proposed. These latter 
models are based on frictional theories of faulting, 
which suggest that σ1 rotates to ∼45° from the fault 
trace within a ∼20–30-km-wide zone in the Big Bend 
region (Scholz, 2000). Scholz (2000) interpreted reports 
of high σ1 angles in this area as representing local 
stresses related to folding instead of regional stresses. 
He also concluded that the presence and sense of the 
stress rotation fi ts predictions of a strong fault rather 
than a weak one. High fl uid pressure (Section 8.6.3) is 
a possible mechanism for decreasing the strength of the 
fault and could explain some rotation of the stresses 
(Rice, 1992). Alternatively, the strength of the fault and 
the adjacent crust generally could be much lower than 
predicted by considerations of fault mechanics 
(Hardebeck & Michael, 2004).

These confl icting observations and interpretations 
concerning the strength of large strike-slip faults have 
yet to be resolved. In the case of the San Andreas Fault, 
part of the controversy may be related to different 
mechanical behaviors of the creeping versus locked 



Figure 8.25  (a) Maximum horizontal compression from southern California (image provided by J. Townend and M. 
Zoback and modifi ed from Townend & Zoback, 2004, by permission of the American Geophysical Union. Copyright © 
2004 American Geophysical Union). Stress determinations are as follows: inward-point arrows, borehole breakouts; 
stars, hydraulic fracturing experiments; plain straight lines, earthquake focal mechanisms. Inset summarizes the angle 
(b) between the maximum principal compressive stress and the local fault strike within 10 km of the San Andreas Fault 
(SAF). The angle of 68 ± 7° suggests a relatively low frictional strength for a 400-km-long fault segment. (b) Vertical 
profi le showing location of SAFOD drill hole experiment near Parkfi eld California (after Hickman et al., 2004, with 
permission from the American Geophysical Union). Magnetotelluric resistivity readings are from Unsworth & Bedrosian 
(2004). White circles are earthquake hypocenters. Ovals in drill holes represent down-hole sensors. Contours show 
resistivity in ohm-meters.
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segments of the fault or to the different methods of 
inferring stresses. To resolve these problems indepen-
dent measurements of principal stress orientations and 
magnitudes from within large, tectonically active faults 
are needed. The San Andreas Fault Observatory at 
Depth (SAFOD) drilling program involves such mea-
surements. This program involves drilling into the 
hypocentral zone of repeating M ≈ 2 earthquakes on a 
creeping segment of the San Andreas Fault near Park-
fi eld, California (Fig. 8.1) at a depth of about 3 km. The 
goals include establishing an observatory in close prox-

imity to these repeating earthquakes to obtain down-
hole measurements of the physical and chemical 
conditions under which earthquakes occur and to 
exhume rock and fl uid samples for laboratory analyses 
(Hickman et al., 2004). Although there is still consider-
able uncertainty in the preliminary estimates of hori-
zontal stress magnitudes, stress observations near the 
bottom of a 2.2-km-deep pilot hole (Fig. 8.25b) 
(Hickman & Zoback, 2004) and heat fl ow measure-
ments (Williams et al., 2004) suggest a locally weak San 
Andreas Fault in an otherwise strong crust.



9 Subduction zones
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9.1 OCEAN 
TRENCHES

Oceanic trenches are the direct manifestation of under-
thrusting oceanic lithosphere, and are developed on the 
oceanward side of both the island arcs and Andean-type 
orogens that form above subduction zones (Fig. 9.1). 
They represent the largest linear depressed features of 
the Earth’s surface, and are remarkable for their depth 
and continuity. The Peru–Chile Trench is 4500 km long 
and reaches depths of 2–4 km below the surrounding 

ocean fl oor so that its base is 7–8 km below sea level. 
The trenches in the western Pacifi c are typically deeper 
than those of the eastern Pacifi c margin, the greatest 
trench depths, of 10–11 km, occurring in the Mariana 
and Tonga–Kermadec trenches. The main control on 
the maximum depth of a particular trench would appear 
to be the age of the oceanic lithosphere being sub-
ducted, as this determines the depth to the oceanic crust 
entering the trench (Section 6.4). The striking contrast 
between trench depths in the east and west Pacifi c is 
largely explained therefore by the systematic difference 
in the age of the ocean fl oor in these areas (Plate 4.1 
between pp. 244 and 245). Trenches are generally 50–
100 km in width and in section form an asymmetric 
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V-shape with the steepest slope, of 8–20°, on the side 
opposite the underthrusting ocean fl oor. The sediment 
fi ll of trenches can vary greatly, from virtually nothing, 
as in the Tonga–Kermadec trench, to almost complete, 
as in the Lesser Antilles and Alaskan trenches because 
of the supply of sediment from adjacent continental 
areas. Trench depth is also reduced by the subduction 
of aseismic ridges (Section 10.2.2).

9.2 GENERAL 
MORPHOLOGY OF 
ISLAND ARC SYSTEMS

Island arc systems are formed when oceanic lithosphere 
is subducted beneath oceanic lithosphere. They are con-
sequently typical of the margins of shrinking oceans 
such as the Pacifi c, where the majority of island arcs are 
located. They also occur in the western Atlantic, where 
the Lesser Antilles (Caribbean) and South Sandwich 
(Scotia) arcs are formed at the eastern margins of small 
oceanic plates isolated by transform faults against the 
general westward trend of movement.

All of the components of island arc systems are 
usually convex to the underthrusting ocean. This con-
vexity may be a consequence of spherical geometry, as 
suggested by Frank (1968). If a fl exible spherical shell, 
such as a table tennis ball, is indented an angle θ (Fig. 
9.2), the indentation is a spherical surface with the same 
radius as the shell (R). The edge of the indentation is a 
circle whose radius r is given by r = ½Rθ, where θ is in 
radians. If this theorem is applied to a plate on the 
Earth’s surface, θ represents the angle of underthrust-
ing of oceanic lithosphere, which averages about 45°. 
The radius of curvature of the trench and island arc on 
the Earth’s surface is then about 2500 km. This value is 
in agreement with some, but not all, island arc systems. 
The general convexity of island arc systems is probably 
a consequence of spherical geometry, and deviations 
result from the oversimplifi cation of this approach, in 
particular the fact that the conservation of surface area 
is not required by plate tectonics. Thus, for example, 
the angle of underthrusting at the Mariana arc is almost 
90°, but it has one of the smallest radii of curvature 
(Uyeda & Kanamori, 1979).

The generalized morphology of an island arc system 
is shown in Fig. 9.3, although not all components are 
present in every system. Proceeding from the ocean-
ward side of the system, a fl exural bulge about 500 m 
high occurs between 100 and 200 km from the trench. 
The forearc region comprises the trench itself, the 
accretionary prism, and the forearc basin. The accre-
tionary prism is constructed of thrust slices of trench 
fi ll (fl ysch) sediments and possibly oceanic crust sedi-
ments that have been scraped off the downgoing slab 
by the leading edge of the overriding plate. The forearc 
basin is a region of tranquil, fl at-bedded sedimentation 
between the accretionary prism and island arc. The 
island arc is made up of an outer sedimentary arc and 
an inner magmatic arc. The sedimentary arc comprises 
coralline and volcaniclastic sediments underlain by vol-
canic rocks older than those found in the magmatic arc. 
This volcanic substrate may represent the initial site of 
volcanism as the relatively cool oceanic plate began its 
descent. As the “cold” plate extended further into the 
asthenosphere the position of igneous activity moved 
backwards to its steady state location now represented 
by the magmatic arc. Processes contributing to the for-
mation of the island arcs are discussed in Section 9.8 
and 9.9. The island arc and remnant arc (backarc ridge), 
fi rst recognized by Vening Meinesz (1951), enclose a 

Figure 9.2  Geometry of an indentation in a sphere of 
inextensible material (redrawn from Bott, 1982, by 
permission of Edward Arnold (Publishers Ltd).
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backarc basin (or marginal basin) behind the island arc. 
However not all backarc basins are formed by spreading 
above an active subduction zone, as indicated in Fig. 9.3 
(Section 9.10).

9.3 GRAVITY 
ANOMALIES OF 
SUBDUCTION ZONES

Figure 9.4 shows a free air gravity anomaly profi le 
across the Aleutian arc that is typical of most subduc-
tion zones. The fl exural bulge of the downgoing litho-
sphere to seaward of the trench is marked by a positive 
gravity anomaly of about 500 g.u. (Talwani & Watts, 
1974). The trench and accretionary prism are typifi ed 
by a large negative anomaly of some 2000 g.u. ampli-
tude which results from the displacement of crustal 
materials by sea water and low density sediments. 

Conversely, the island arc is marked by a large positive 
anomaly. Isostatic anomalies over the trench and arc are 
large and exhibit the same polarity as the free air anom-
alies. These large anomalies result from the dynamic 
equilibrium imposed on the system by compression, so 
that the trench is forced down and the arc held up out 
of isostatic equilibrium by the forces driving the 
plates.

9.4 STRUCTURE OF 
SUBDUCTION ZONES 
FROM EARTHQUAKES

Subduction zones exhibit intense seismic activity. A 
large number of events occur on a plane that dips on 
average at an angle of about 45° away from the 
underthrusting oceanic plate (Fig. 9.5). The plane is 
known as a Benioff (or Benioff–Wadati) zone, after 
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Figure 9.5  Vertical section perpendicular to the Tonga arc showing earthquake foci during 1965. Circles, foci projected 
from within 0–150 km north of the section; triangles, from 0–150 km south. Exaggerated topography (13 : 1) above. 
Inset, enlargement of the region of deep earthquakes (redrawn from Isacks et al., 1969, with permission from the 
Geological Society of America).

Figure 9.4  Gravity anomalies of an oceanic subduction zone (after Grow, 1973, with permission from the Geological 
Society of America).
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its discoverer(s), and earthquakes on it extend from 
near the surface, beneath the forearc region, down to 
a maximum depth of about 670 km. Figure 9.5 shows 
a section through the Tonga–Kermadec island arc 
system with earthquake foci projected on to a vertical 
plane parallel to the direction of underthrusting. The 
foci can be seen to occur at progressively greater 
depths with increasing distance from the site of 
underthrusting at the Tonga Trench. Further informa-
tion on the nature of the Benioff zone was obtained 
from a study of the body wave amplitudes from deep 
earthquakes (Fig. 9.6). Seismic arrivals at the volcanic 
islands of the arc, such as Tonga, were found to be 
of far greater amplitude than those recorded to the 
front or rear of the arc at stations such as Raratonga 
and Fiji. The differences in amplitude are usually 
described quantitatively in terms of the Q-factor, the 
inverse of the specifi c attenuation factor, and in 
general the higher the Q-factor the stronger the rock. 
High Q travel paths give rise to little attenuation, and 
vice versa. Seismic waves traveling up the length of 
the seismic zone appear to pass through a region of 
high Q (about 1000), while those traveling to lateral 
recorders pass through a more normal region of low 
Q (about 150). The Benioff zone thus appears to 
defi ne the top of a high Q zone about 100 km thick. 
The Benioff zone had originally been interpreted as 
a large thrust fault between different crustal prov-
inces. The seismic data allowed a new interpretation 
to be made in terms of a high Q belt of Pacifi c 
lithosphere underthrust into the mantle. This inter-
pretation was refi ned by Barazangi & Isacks (1971), 
by the use of a local seismometer network in the 
region of the Tonga arc (Fig. 9.7). In addition to the 
previous results, a zone of very high attenuation 

(extremely low Q of about 50) was defi ned in the 
uppermost mantle above the downgoing slab in a 
region about 300 km wide, stretching between the 
active island arc (Tonga) and backarc ridge (Lau 
Ridge). This implies that the mantle beneath the 
backarc basin (Lau basin) is much weaker than else-
where or that the lithosphere is considerably thinner. 
The data have important ramifi cations for the origin 
of backarc basins and will be considered in more 
detail in Section 9.10.

Detailed investigations of the region above the sub-
ducting lithosphere have also been carried out using 
seismic tomography (Section 2.1.8). Plate 9.1 (between 
pp. 244 and 245) shows a section through the Tonga arc 
in which the subducting slab is clearly defi ned by a 
region of relatively high P-wave velocity. Above this 
there is a region of low velocities, beneath the Lau basin 
(see also Section 9.10), corresponding to the region of 
extremely low Q in Fig. 9.7. The lowest velocities occur 
beneath the Tonga arc volcanoes.

The earthquake activity associated with the down-
going slab occurs as a result of four distinct processes 
(Fig. 9.8). In region “a” earthquakes are generated in 
response to the bending of the lithosphere as it begins 
its descent. Bending, or downward fl exure of the litho-
sphere, puts the upper surface of the plate into tension, 
and the normal faulting associated with this stress 
regime gives rise to the observed earthquakes, which 
occur to depths of up to 25 km (Christensen & Ruff, 
1988).

Flexural bending of the lithosphere also gives rise to 
the topographic bulge present in the subducting plate 
on the oceanward side of the island arc. This regional 
rise of sea bed topography is located between 100–
200 km from the trench axis and has an amplitude of 

Figure 9.6  Hypothetical section across the Tonga arc based on the attenuation of seismic waves (redrawn from Oliver 
& Isacks, 1967, by permission of the American Geophysical Union. Copyright © 1967 American Geophysical Union).
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Figure 9.7  Schematic section across the Tonga arc showing the zone of very high seismic attenuation beneath the 
Lau backarc basin (redrawn from Barazangi & Isacks, 1971, by permission of the American Geophysical Union. 
Copyright © 1971 American Geophysical Union).

Figure 9.8  Plate model of subduction zones; a, b, c, and d indicate regions of distinctive focal mechanisms.

Lithosphere

Asthenosphere

a
b

c

d

0

100

200

300

400

500

K
m

several hundred metres. Simple beam theory predicts 
that the presence of this bulge is a consequence of the 
downward defl ection of the subducting plate (Fig. 9.9). 
However, closer investigation of lithospheric behavior 
in this environment indicates that the fl exure is not 
completely elastic, and must involve considerable plastic 
(permanent) deformation (Fig. 9.10) (Turcotte et al., 
1978). Chapple & Forsyth (1979) deduced that the 
bending of a two layer elastic-perfectly plastic plate, 

50 km thick, in which the upper 20 km are under tension 
and the lower 30 km under compression, fi ts most topo-
graphic profi les, and that the variations in these profi les 
are probably due to variations in the regional stress fi eld.

Region “b” (Fig. 9.8) is characterized by earthquakes 
generated from thrust faulting along the contact 
between the overriding and underthrusting plates. Focal 
mechanism solutions for earthquakes associated with 
regions “a” and “b” of Fig. 9.8 are shown in Fig. 9.11, 
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Figure 9.9  Downbending of an elastic or elastic-
perfectly plastic plate at a subduction zone (redrawn 
from Turcotte et al., 1978, with permission from 
Elsevier). Figure 9.10  Observed and theoretical profi les of 

lithosphere bending at a trench: (a) Mariana Trench, 
with an elastic lithosphere 29 km thick; (b) Tonga 
Trench, better modeled by an elastic-perfectly plastic 
plate 32 km thick (redrawn from Turcotte et al., 1978, 
with permission from Elsevier).

Figure 9.11  Focal mechanism solutions of earthquakes in the Aleutian arc, compressional quadrant shaded (redrawn 
from Stauder, 1968, by permission of the American Geophysical Union. Copyright © 1968 American Geophysical Union).
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which represents the distribution of earthquake types 
around the Aleutian island arc (Stauder, 1968). The belt 
of earthquakes to the south of the islands is caused by 
normal faulting associated with the fl exure of the top 
part of the Pacifi c Plate, which is underthrusting the 
Bering Sea in a northwesterly direction. The groups of 
earthquakes lying under or just to the south of the 
island chain are indicative of thrust faulting. The nodal 
planes dip steeply to the south and gently to the north. 
It is probable that the latter planes represent the fault 
planes, and that these earthquakes are generated by the 
relative movement between the Pacifi c and Bering Sea 
lithosphere. The single focal mechanism solution indic-
ative of strike-slip movement is either on a sinistral 
strike-slip fault perpendicular to the island chain, as 
indicated on the diagram, or alternatively on a dextral 
strike-slip fault paralleling the island chain. In view of 
the oblique direction of underthrusting in this region, 
the latter interpretation is perhaps more likely to be 
correct (Section 5.3).

The earthquakes occurring in the Benioff zone in 
zone “c” (Fig. 9.8), at depths greater than the thickness 
of the lithosphere at the surface, are not generated by 
thrusting at the top of the descending plate, because the 
asthenosphere in contact with the plate is too weak to 
support the stresses necessary for extensive faulting. At 
these depths earthquakes occur as a result of the inter-
nal deformation of the relatively cold and hence strong 
descending slab of lithosphere. Hasegawa et al. (1978), 

making use of a local array of seismographs, identifi ed 
two Benioff zones beneath the Japan arc that appear to 
merge down dip (Fig. 9.12). The arrival times of differ-
ent seismic phases indicate that the upper of these 
zones corresponds to the crustal part of the descending 
slab, and the lower to the lithospheric mantle (Hasegawa 
et al., 1994).

Subsequently, double seismic zones, at depths 
between 70 and 200 km, have been documented in 
numerous well-studied subduction zones (Peacock, 
2001), and it seems probable that they are a common 
feature of subduction zone seismicity. In some cases 
focal mechanism solutions for the upper zone earth-
quakes imply down-dip compression, and those for the 
lower zone earthquakes down-dip tension. This sug-
gests that unbending of the downgoing plate may be 
important, the plate having suffered a certain amount 
of permanent, plastic deformation during its initial 
descent (Isacks & Barazangi, 1977). However the double 
seismic zones extend to depths well beyond the region 
of unbending of the downgoing plates. It is now thought 
that most of these earthquakes are triggered by meta-
morphic reactions involving dehydration; those in the 
upper zone associated with the formation of eclogite 
(Kirby et al., 1996), and those in the lower zone with the 
dehydration of serpentinite (Meade & Jeanloz, 1991). It 
is suggested that dehydration reactions generate high 
pore pressures along pre-existing fault planes in the 
subducting oceanic lithosphere, producing earthquakes 

Figure 9.12  Distribution of earthquakes beneath the northeastern Japan arc. Shaded line is probably the top of the 
descending lithosphere (redrawn from Hasegawa et al., 1978, with permission from Blackwell Publishing).
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by brittle failure. The process is termed dehydration 
embrittlement.

Peacock (2001), using a detailed thermal model for 
the subduction zone beneath northeast Japan, has 
shown that the lower seismic zone (Fig. 9.12) migrates 
across the isotherms, from approximately 800 to 400°C, 
as the focal depths increase from 70 to 180 km. If these 
temperatures and implied pressures are plotted on a 
P–T diagram, the pressure/temperature values and 
negative slope are very analogous to those for the dehy-
dration reaction serpentine to forsterite + enstatite + 
water. This strongly suggests that these earthquakes are 
the result of the dehydration of serpentinized mantle 
within the downgoing oceanic plate. This explanation 
assumes that the oceanic mantle is serpentinized to a 
depth of several tens of kilometers, whereas hydrother-
mal circulation and alteration at mid-ocean ridges is 
thought to be restricted to the crust. However, the 
normal faulting associated with the outer rise and 
bending of the oceanic lithosphere oceanward of the 
trench may well permit ingress of seawater and hydra-
tion of the lithosphere to depths of tens of kilometers 
(Peacock, 2001).

Below 300 km (zone “d” in Fig. 9.8) the earthquake 
mechanism is believed to be a result of the sudden 
phase change from olivine to spinel structure, produc-
ing transformational or anticrack faulting. This takes place 

by rapid shearing of the crystal lattice along planes on 
which minute spinel crystals have grown (Green, 1994). 
At normal mantle temperatures this phase change 
occurs at a depth of approximately 400 km (Sections 
2.8.5, 9.5). However, the anomalously low temperatures 
in the core of a downgoing slab enable olivine to exist 
metastably to greater depths, potentially until it reaches 
a temperature of about 700°C (Wiens et al., 1993). In 
old, rapidly subducting slabs this may, exceptionally, be 
at a depth of approximately 670 km, explaining the ter-
mination of subduction zone seismicity at this depth. It 
is also probable that a similar transformation from 
enstatite to ilmenite contributes to subduction zone 
seismicity in this depth range (Hogrefe et al., 1994). The 
phase changes that occur in the slab at a depth of 
approximately 700 km (Sections 2.8.5, 9.5) are thought 
to produce fi ne-grained materials that behave in 
a superplastic manner and thus cannot generate 
earthquakes (Ito & Sato, 1991).

The deep events of regions “c” and “d” (Fig. 9.8) 
are characterized by principal stress directions that are 
either parallel or orthogonal to the dip of the descend-
ing plate (Isacks et al., 1969) (Fig. 9.13). Consequently, 
the nodal planes determined by focal mechanism solu-
tions do not correspond to the dip of the Benioff zone 
or a plane perpendicular to it. The principal stress 
directions show that the descending plate is thrown 

Figure 9.13  Schematic focal mechanism solution distribution on a section perpendicular to an island arc. Inset shows 
alternative intermediate depth mechanism (redrawn from Isacks et al., 1969, with permission from the Geological 
Society of America).
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into either down-dip compression or extension. Isacks 
& Molnar (1969) have suggested that the distribution 
of stress type in the seismic zone may result from the 
degree of resistance experienced by the plate during 
its descent, and Spence (1987) has described this resis-
tance in terms of the net effect of ridge push and slab 
pull forces (Section 12.6). In Fig. 9.14a the plate is 
sinking through the asthenosphere because of its neg-
ative buoyancy and is thrown into down-dip tension as 
its descent is unimpeded. In Fig. 9.14b the bottom of 
the plate approaches the mesosphere, which resists 
descent and throws the leading tip into compression. 
As the plate sinks further (Fig. 9.14c), the mesosphere 
prevents further descent and supports the lower margin 
of the plate so that the majority of the seismic zone 
experiences compression. In Fig. 9.14d a section of the 
downgoing slab has decoupled so that the upper 
portion of the plate is thrown into tension and the 
lower portion into compression. A global summary of 
the stress directions determined from focal mechanism 
solutions (Isacks & Molnar, 1971) is shown in 
Fig. 9.15.

The stress distributions shown in Fig. 9.14b,d pro-
vide a possible explanation for the seismic gaps observed 
along the middle parts of the Benioff zone at certain 
trenches, such as the Peru–Chile Trench (Figs 9.15), 
where it is known that the slab is continuous (James & 
Snoke, 1990). A further type of seismic gap appears to 
be present in some island arcs at shallow depths. Figure 
9.16 shows sections through the Benioff zone at the 
Aleutian–Alaska arc (Jacob et al., 1977). There is a prom-
inent gap in seismicity between the trench and a point 
about halfway towards the volcanic arc that becomes 

progressively greater from west to east. The angle of 
underthrusting is very shallow in this region. The prob-
able cause of this seismic gap and shallow underthrust-
ing is the presence of copious quantities of terrigenous 
sediments within the trench that become increasingly 
abundant towards that section of the trench adjacent to 
Alaska. The unconsolidated nature of these sediments 
probably prevents any build-up of the strain energy 
necessary to initiate earthquakes, and their high positive 
buoyancy may force the subducting plate to descend at 
an anomalously shallow angle.

In reviewing the data for numerous subduction 
zones, Fukao et al. (2001) noted that subducted slabs 
are either defl ected horizontally within or just beneath 
the transition zone, or penetrate the 660 km disconti-
nuity and descend into the lower mantle (Plate 9.2 
between pp. 244 and 245). Beneath Chile, the Aleu-
tians, southern Kurile, and Izu-Bonin the slabs appear 
to fl atten out within the transition zone, whereas 
beneath the Aegean, central Japan, Indonesia, and 
Central America they penetrate deep into the lower 
mantle. The slab beneath Tonga both fl attens out 
within the transition zone and extends into the lower 
mantle (van der Hilst, 1995) (Plate 9.2e between pp. 
244 and 245). There is no relationship between the age 
of a subducting slab and penetration into the lower 
mantle. Some researchers maintain that in places there 
is evidence for the slabs descending throughout the 
lower mantle to the core–mantle boundary (Section 
12.8.2); others consider that there is little evidence for 
slab penetration beneath 1700 km depth (Kárason & 
van der Hilst, 2000). The possible implications of these 
tomographic results for convection in the mantle are 
considered in Section 12.9.

9.5 THERMAL 
STRUCTURE OF THE 
DOWNGOING SLAB

The strength and high negative buoyancy of subducting 
oceanic lithosphere and its capacity for sudden failure 
in the generation of earthquakes are consequences of 
its relatively low temperature with respect to normal 
mantle material at these depths. The subducting 

Figure 9.14  A model of stress distributions in the 
descending lithosphere. Solid circles, extensional stress 
down dip; open circles, compressional stress down dip 
(redrawn from Isacks & Molnar, 1969, with permission 
from Nature 223, 1121–4. Copyright © 1969 Macmillan 
Publishers Ltd).
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Figure 9.15  Summary of the distribution of down dip stresses in Benioff zones. Open circles, events with 
compressional axis parallel to dip of zone; solid circles, events with tensional axis parallel to dip of zone; crosses, 
neither P- nor T-axis parallel to zone; solid lines, approximate form of seismic zone (redrawn from Isacks & Molnar, 
1971, by permission of the American Geophysical Union. Copyright © 1971 American Geophysical Union).

lithosphere can retain its separate thermal and mechan-
ical identity to a considerable depth until suffi cient heat 
has been transferred to it from the mantle to increase 
its temperature to that of its surroundings.

The variation of temperature within the sinking slab 
can be calculated from heat conduction equations pro-
vided that its thermal properties and boundary states 
are specifi ed. The factors controlling the temperature 
distribution are:

1 the rate of subduction: the more rapid the 
descent the less time there is for absorption 

of heat from the surrounding mantle by 
conduction;

2 the age and hence thickness of the descending 
slab: the thicker the slab the greater the time 
taken for it to equilibrate thermally with the 
surrounding asthenosphere;

3 frictional heating of the upper and lower 
surfaces of the slab as the descent of the slab 
is resisted by the asthenosphere;

4 the conduction of heat into the slab from the 
asthenosphere;
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Figure 9.16  Location map and cross-sections across the Aleutian arc showing earthquake foci (redrawn from Jacob 
et al., 1977, by permission of the American Geophysical Union. Copyright © 1977 American Geophysical Union).

5 the adiabatic heating associated with 
compression of the slab as the pressure 
increases with depth;

6 the heat derived from radioactive decay of 
minerals in the oceanic lithosphere, likely to 
be small as oceanic plates are largely barren 
of radioactive minerals;

7 the latent heat associated with phase transitions 
of minerals to denser crystalline structures with 
depth: the principal phase changes experienced 
by the slab are the olivine–spinel transition at 
about 400 km depth which is exothermic, and 
the spinel–oxides transition at about 670 km, 
which is endothermic (Section 2.8.5).
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Different solutions for the temperature distribution 
have been derived by various workers, depending on the 
assumptions made concerning the relative contribu-
tions of the above phenomena. Two models derived by 
Peacock & Wang (1999) and representing relatively cool 
and warm subducting lithosphere are shown in Plate 9.3 
(between pp. 244 and 245). Although differing in detail, 
all such models indicate that the downgoing slab main-
tains its thermal identity to great depths and that, excep-
tionally, temperature contrasts up to 1000°C may exist 
between the core of the slab and normal mantle at a 
depth of 700 km.

As noted in Section 9.4, the length of the Benioff 
zone depends on the depth to which the subducting 
oceanic lithosphere maintains a relatively cold central 
core. Molnar et al. (1979) deduced that the downward 
defl ection of isotherms, and hence the length of the 
seismic zone, is proportional to both the rate of subduc-
tion and the square of the thickness of the lithosphere. 
Lithosphere thickness is proportional to the square root 
of its age (Turcotte & Schubert, 2002) so that the length 

of seismic zones should be proportional to the product 
of convergence rate and age. That this is generally so is 
illustrated by Fig. 9.17, and although there is consider-
able scatter the data appear to fi t the relationship length 
(km) = rate (mm a−1) × age (Ma)/10.

9.6 VARIATIONS IN 
SUBDUCTION ZONE 
CHARACTERISTICS

The age and convergence rate of the subducting oceanic 
lithosphere affect not only the thermal structure of the 
downgoing slab, and the length of the seismic zone, but 
a number of other characteristics of subduction zones. 
It can be seen from Fig. 9.15 that, although the dip of 
the Benioff zone is often approximately 45°, as typically 
illustrated, there is a great variation in dips, from 90° 
beneath the Marianas to 10° beneath Peru. It appears 
that the dip is largely determined by a combination of 
the negative buoyancy of the subducting slab, causing 
it to sink, and the forces exerted on it by fl ow in the 
asthenosphere, induced by the underthrusting litho-
sphere, which tend to uplift the slab. A higher rate of 
underthrusting produces a greater degree of uplift. 
Young oceanic lithosphere is relatively thin and hot; 
consequently it is more buoyant than older oceanic 
lithosphere. One would predict, therefore, that young 
subducting lithosphere, underthrusting at a high rate, 
will give rise to the shallowest dips, as in the case of 
Peru and Chile. It seems probable that the absolute 
motion of the overriding plate is also a contributing 
factor in determining the dip of the Benioff zone (Cross 
& Pilger, 1982).

Subduction zones with shallow dips have a stronger 
coupling with the overriding plate (Uyeda & Kanamori, 
1979), giving rise to larger magnitude earthquakes in 
region “b” of Fig. 9.8. Shallow dips also restrict the fl ow 
of asthenosphere in the mantle wedge above the sub-
duction zone, in extreme cases suppressing all supra 
subduction zone magmatism (Section 10.2.2), and in all 
cases giving rise to backarc compression rather than 
extension. Thus, Uyeda & Kanamori (1979) recognized 
two end-member types of subduction zone, which they 
referred to as Chilean and Mariana types (Fig. 9.18).

Figure 9.17  Relationship between length of Benioff 
zone and the product of convergence rate and age. 
Approximate uncertainties given by error bars in upper 
left corner (redrawn from Molnar et al., 1979, with 
permission from Blackwell Publishing).
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Figure 9.18  End-member types of subduction zone based on the age of the underthrusting lithosphere and the 
absolute motion of the overriding plate (modifi ed from Uyeda & Kanamori, 1979, and Stern, 2002, by permission of the 
American Geophysical Union. Copyright © 1979 and 2002 American Geophysical Union).



264 CHAPTER 9

base. The amount of subsidence can be measured 
if drill cores are available from sedimentary sequences 
in this region. It is then possible to estimate the rate 
of erosion at the base of the forearc crust (Clift & 
Vannucchi, 2004).

9.7 ACCRETIONARY 
PRISMS

Where present, an accretionary prism forms on the 
inner wall of an ocean trench. The internal structure 
and construction of these features have been deduced 
from seismic refl ection profi les and drilling at active 
subduction zones, and by the study of ancient subduc-
tion complexes now exposed on land.

Accretionary prisms develop where trench-fi ll turbi-
dites (fl ysch), and some pelagic sediments, are scraped 
off the descending oceanic plate by the leading edge 
of the overriding plate, to which they become accreted. 
The Nankai Trough, located south of Japan (Fig. 9.20a), 
illustrates many of the structural, lithologic and hy-
drologic attributes of a large, active accretionary prism 
with a thick sedimentary section (Moore et al., 2001, 
2005). Beneath the prism, the plate boundary is defi ned 
by a 20- to 30-m-thick, gently dipping fault or shear 
zone that separates a deformed sedimentary wedge 
above from a little-deformed section of subducted 
trench sediment, volcaniclastic rock, and basaltic crust 
below (Fig. 9.20b). This boundary, or décollement, devel-
ops in a weak sedimentary layer, typically a low perme-
ability hemipelagic mud underlying stronger, more 
permeable trench turbidites. Above the décollement is 
a fold and thrust belt composed of listric thrust ramps 
that rise through the stratigraphic section forming 
imbricated arrays. These faults defi ne wedge-shaped 
lenses that are internally folded and cleaved. At the base 
of the imbricate series, the décollement slopes down-
ward toward the volcanic arc where it becomes pro-
gressively better developed. Away from the arc, it 
extends a short distance seaward of the deformation 
front, which is marked by the fi rst small proto-thrusts 
and folds located inward from the trench. Farther 
seaward, the stratigraphic horizon that hosts the décol-
lement is known as the incipient or proto-décollement 
zone where the incoming sedimentary section is only 
weakly deformed.

Another fi rst order variation in the nature of sub-
duction zones is whether they are accretionary or 
erosive. Historically, oceanic trenches and magmatic 
arcs were considered to be the settings where material 
derived from the continental and oceanic crust is 
accreted to the margin of the overriding plate in the 
form of a wedge of sediments in the forearc region, and 
an edifi ce of igneous material in the magmatic arc. 
Increasingly however it has been realized that most of 
the oceanic crust and pelagic sediments is subducted 
into the mantle, and that, in approximately half of the 
convergent margins, some of the overriding plate is 
eroded and subducted. The process by which pelagic 
sediments on the downgoing plate are subducted is 
known as sediment subduction and the process whereby 
rock or sediment from the upper plate is subducted is 
termed subduction erosion. The latter may be derived 
from the base of the landward slope of the trench or 
from the underside of the upper plate. Moreover, the 
majority of the material accreted in the magmatic arc 
is thought to be derived from the mantle rather than 
subducted crust (Section 9.8). Thus, subduction zones 
have also been characterized as accretionary or erosive 
(Figs 9.1, 9.19). Examples of accretionary margins 
include the Nankai Trough and Barbados prisms 
(Section 9.7) (Saffer & Bekins, 2006); erosive prisms 
occur offshore of Costa Rica (Morris & Villinger, 2006) 
and Chile (Section 10.2.3).

On the basis of seismic refl ection profi ling data, it 
appears that the thickness of sediment on the oceanic 
plate entering a trench must exceed 400–1000 m for 
sediment to be scraped off and added to the accretion-
ary prism. This implies that perhaps 80% of the pelagic 
sediments entering trenches is subducted, and that most 
of the sediment accreted in the forearc region is trench 
turbidites derived from continental material (von Huene 
& Scholl, 1991). The accretionary or nonaccretionary 
nature of a subduction zone will depend in part, there-
fore, on the supply of oceanic plate sediments and 
continentally derived clastic material to the trench. 
However, the causes of subduction erosion are very 
poorly understood (von Huene et al., 2004). Typically 
the thickness of trench sediments at accretionary 
margins exceeds 1 km (Saffer & Bekins, 2006). Other 
parameters that correlate with accreting margins are: 
orthogonal convergence rates of less than 76 mm a−1 
and forearc bathymetric slopes of less than 3°. In addi-
tion to the steeper slope of the forearc region at erosive 
margins, the forearc is characterized by subsidence, 
which refl ects the thinning of the upper plate along its 
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Seismic refl ection data and the ages of deformed 
sediments suggest that the youngest faults in accretion-
ary prisms occur at the deformation front and generally 
become older away from the trench (Moore et al., 2001, 
2005) (Fig. 9.20b). As shortening occurs, old thrust 
wedges gradually move upwards and are rotated toward 

the arc by the addition of new wedges to the toe of the 
prism. This process, called frontal accretion, causes older 
thrusts to become more steeply dipping with time and 
is responsible for the lateral growth of the prism. Lateral 
growth requires that the most intense deformation 
occurs at the oceanward base of the sedimentary pile, 

Figure 9.19  Diagrams contrasting the characteristic features of (a) accretionary, and (b) nonaccretionary, convergent 
margins (redrawn from Stern, 2002, by permission of the American Geophysical Union. Copyright © 2002 American 
Geophysical Union). V, fl uid vents.
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although some older thrusts may remain active during 
their rotation and some new thrusts may form and cut 
across older imbricate thrusts. These latter, cross cutting 
faults are termed out-of-sequence thrusts (Fig. 9.20b) 
because they do not conform to the common arcward 
progression of faulting. In addition to frontal accretion, 
some incoming material is carried downward past the 
deformation front where it is transferred, or underplated, 

to the base of the prism by thrust faulting above the 
décollement. Unlike the off-scraped sediments at the 
toe, this underplated material may become deeply 
buried and undergo high pressure metamorphism 
(Section 9.9). Tectonic underplating, together with 
internal shortening, thickens the wedge and causes the 
slope of its upper surface to increase (Konstantinovs-
kaia & Malavieille, 2005).

Figure 9.20  (a) Geologic map of the Nankai accretionary prism showing the Leg 190/196 Ocean Drilling Program 
(ODP, black circles) and previous ODP/Deep Sea Drilling Program (DSDP, open circles) drill sites (modifi ed from Moore 
et al., 2001, by permission of the American Geophysical Union. Copyright © 2001 American Geophysical Union). CA, 
Cape Ashizuri; CM, Cape Muroto; Smb, Sanbagawa metamorphic belt; Jp, Jurassic accretionary prism; CSb, Cretaceous 
Shimanto belt; CzSb, Cenozoic Shimanto belt; S-Mb, Shimanto and Mineoka belts; Ava, Accreted volcanic arc; PTZ, 
protothrust zone. (b) Generalized cross-section of the Muroto transect showing main structural provinces (modifi ed 
from Moore et al., 2005, by permission of the American Geophysical Union. Copyright © 2005 American Geophysical 
Union).
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The top of an accretionary prism is defi ned by a 
relatively abrupt decrease in slope called the trench slope 
break. Between this break and the island arc, a forearc 
basin may develop, which is then fi lled with sediments 
derived from erosion of the volcanic arc and its sub-
strate. This basin is a region of tranquil sedimentation 
where fl at-lying units cover the oldest thrust slices in 
the wedge. Seaward of the forearc basin, on the trench 
slope, small pockets of sediment also accumulate on 
top of old thrust slices (Fig. 9.20b). The ages of these 
old slices, and their distance from the toe of the prism, 
provide a means of estimating lateral growth rates. For 
example, drilling at sites 1175 and 1176 in the Nankai 
prism has shown that trench slope sands unconform-
ably overlie thrust slices that may be as young as 1 or 
2 Ma (Moore et al., 2001; Underwood et al., 2003). 
Assuming steady state seaward growth, the distance of 
these thrust slices from the deformation front implies 
lateral growth rates as high as 40 km over the last 1 to 
2 Myr. In comparison, the Middle America accretionary 
prism off the coast of Mexico has grown ∼23 km in 
width over the past 10 Myr (Moore et al., 1982) and the 
eastern Aleutian accretionary prism has grown 20 km in 
3 Myr (von Huene et al., 1998).

Erosion of the trench slope and other landward 
material commonly results in slump deposits and debris 
fl ows that can carry material as far as the trench, where 
it gets offscraped and recycled back into the wedge. 
At Site 1178 in the Nankai prism, the presence of 
thrust slices composed of Miocene turbidites indicates 
that the trench was accumulating large amounts of 
sediment derived from the erosion of rock exposed on 
Shikoku Island at that time (Moore et al., 2005). Large 
(100- to 1000-m-long) blocks of slumped material, 
called olistostromes, remain semi-coherent during 
transport. This process provides much of the material 
that enables accretionary prisms to grow wider 
(Silver, 2000). Over time, erosion, deformation and 
sedimentary recycling result in a long-term circulation 
of material within the wedge (Platt, 1986). Offscraped 
material fi rst moves down toward the base of the prism 
and then moves back toward the surface. This pattern 
results in a general increase in the metamorphic grade 
of rocks from the trench to the arc such that the oldest, 
high grade rocks are structurally highest and uplifted 
with respect to the younger deposits. The processes 
also may create a chaotic mixture of igneous, sedimen-
tary and metamorphic rock types called a mélange (see 
also Section 10.6.1). Some of the oldest rock fragments 
in the mélange may record blueschist or eclogite facies 

metamorphism, indicating depths of burial of at least 
30 km (Section 9.9).

The overall shape of accretionary prisms in profi le 
approximates that of a tapered wedge, where the upper 
surface slopes in a direction opposite to that of the 
underlying décollement (Fig. 9.21a). Davis et al. (1983) 
and Dahlen (1990) showed that this tapered shape is 
required if the entire wedge moves together and the 
behavior of the system follows the Mohr–Coulomb 
fracture criterion (Section 2.10.2). The surface slope (α) 
is determined by the interplay between resistance to 
sliding on the décollement and the strength of the rock 
in the thrust wedge. Both of these latter two factors are 
strongly infl uenced by pore fl uid pressure (λ), the dip 
of the basal décollement (β), and the weight of the 
overlying rock (Fig. 9.21b). Tectonic shortening and 
underplating thicken the wedge, thereby steepening the 
surface slope. If the surface slope becomes oversteep-
ened, then various mechanical adjustments will occur 
until the slope decreases and a steady state is achieved. 
These adjustments may involve normal faulting and/or 
a lengthening of the décollement, and result from the 
same forces that drive the gravitational collapse of large 
topographic uplifts (Section 10.4.6). The mechanical 
behavior of the wedge also is especially sensitive to 
mass redistribution by surface erosion and deposition 
(Konstantinovskaia & Malavieille, 2005; Stolar et al., 
2006), which change topographic gradients and, at large 
scales, affect the thermal evolution of the crust (Section 
8.6.3).

The results from drilling into active prisms have 
provided unequivocal evidence of the importance 
of fl uid fl ow and changes in pore fl uid pressure in 
accretionary prisms. Measurements of porosity, density, 
resistivity, and other physical characteristics suggest 
that accreted sediments descend so rapidly that they 
have no opportunity to dewater before burial (Silver, 
2000; Saffer, 2003; Moore et al., 2005). This process, 
and the low permeabilities that are typical of marine 
sediments, result in elevated pore pressures that reduce 
effective stress, lower the shear strength of rock (Section 
2.10.2), and allow sliding on the décollement. Episodic 
fl uid fl ow and the collapse of former fl ow paths 
also may allow the décollement to propagate laterally 
beneath the wedge (Ujiie et al., 2003). These 
processes explain the generally small taper angles of 
most accretionary wedges, which can result only if the 
material within it is very weak and shear stresses on 
the décollement are very low (Davis et al., 1983; Saffer 
& Bekins, 2002). High pore fl uid pressure also explains 
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many other phenomena that are associated with prisms, 
including mud volcanoes and diapirs (Westbrook 
et al., 1984), and the development of unique chemical 
and biological environments at the leading edge of 
the prism (Schoonmaker, 1986; Ritger et al., 1987) 
(Fig. 9.19).

In addition to a mechanism by which pore fl uid pres-
sure increases by rapid burial, there also are competing 
mechanisms that decrease pore fl uid pressure within a 
wedge. Fluids tends to fl ow along narrow, high perme-
ability channels and exit to the décollement and the 
seafl oor through vertical and lateral conduits (Silver, 

2000; Morris & Villinger, 2006). Some of these conduits 
coincide with thrust faults overlying the décollement 
zone, whose high fracture permeability allows fl uid to 
escape (Gulick et al., 2004; Tsuji et al., 2006). Fluid 
escape in this way implies that the décollement zone 
possesses a lower fl uid pressure than its surroundings, 
a condition that is in apparent confl ict with the evidence 
of high pore fl uid pressures in this zone. However, the 
apparent confl ict can be reconciled by models in which 
the fl uid pressure in the décollement zone varies both 
spatially and temporally within the wedge. The nature 
of these variations, and their affect on the evolution of 

Figure 9.21  (a) Schematic profi le of a Coulomb wedge and (b) theoretical wedge tapers for various pore fl uid pressure 
ratios (l) for submarine accretionary prisms, assuming the pressure at the base is identical to that in the wedge (modifi ed 
from Davis et al., 1993, by permission of the American Geophysical Union. Copyright © 1993 American Geophysical Union). 
Boxes in (b) indicate tapers of active wedges. Calculations involved a wedge sediment density of 2400 kg m−3.
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Figure 9.22  (a) Schematic view of a numerical model of fl uid fl ow within an accretionary prism and (b) cross-sections 
showing relationships between factors infl uencing accretionary wedge taper angle (modifi ed from Saffer & Bekins, 
2002, with permission from the Geological Society of America). Arrows in (a) represent approximate sediment velocities 
at the deformation front. Shading shows generalized porosity distribution, contours are modeled steady-state pore 
pressures (l).
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the deforming wedge, are greatly infl uenced by factors 
such as the convergence rate and the stratigraphy, lithol-
ogy, mineralogy, and hydrologic properties of the 
incoming sediments (Saffer, 2003).

The sensitivity of accretionary prisms to fl uctua-
tions in fl uid fl ow and pore fl uid pressure has been 
explored in detail using mechanical and numerical 
models. By combining a model of groundwater fl ow 
with critical taper theory (Fig. 9.22a), Saffer & Bekins 
(2002) concluded that low permeability, high pore pres-
sure, and rapid convergence rates sustain poorly drained 
systems and result in shallow tapers, whereas high per-
meability, low pore pressure, and slow convergence 
result in well-drained systems and steep taper geome-
tries (Fig. 9.22b). These authors also showed that the 
stratigraphic thickness and composition of the sedi-
ment that is incorporated into the wedge are among the 
most important factors governing pore fl uid pressure in 

wedges (Saffer & Bekins, 2006). Thick sedimentary sec-
tions give rise to large prisms that are able to sustain 
high pore fl uid pressures and low stable taper angles 
(Fig. 9.23a). The results also suggest that prisms com-
posed mostly of low permeability fi ne-grained sedi-
ment, such as northern Antilles (Barbados) and eastern 
Nankai (Ashizuri), will exhibit thin taper angles and 
those characterized by a high proportion of high per-
meability turbidites, such as Cascadia, Chile, and 
México, will have steep taper angles (Fig. 9.23b). This 
sensitivity to the physical properties of accreted and 
subducted sediment implies that any along-strike varia-
tion in sediment lithology or thickness strongly infl u-
ences the geometry and mechanical behavior of 
accretionary prisms. Similarly, any variation in incom-
ing sediment thickness or composition over time will 
force the accretionary complex to readjust until a new 
dynamic balance is reached.
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Figure 9.23  Taper angles of active accretionary prisms plotted as a function of (a) thickness of incoming sediment 
and (b) lithology where the incoming sediment section has been sampled by drilling (modifi ed from Saffer & Bekins, 
2006, by permission of the American Geophysical Union. Copyright © 2006 American Geophysical Union). Horizontal 
error bars indicate uncertainty in lithology and vertical error bars indicate along-strike variations in taper angle. NA, 
northern Antilles; SA, southern Antilles; MUR, Nankai Muroto; AL, eastern Aleutians (160°W); EA, eastern Aleutians 
(148–150°W); CA, central Aleutians (172–176°W); NC, north Cascadia; SC, southern Cascadia; ASH, Nankai Ashizuri; 
MX, Mexico; JA, Java; CS, central Sumatra; SU, Sunda; CH, Chile; NI, Nicobar; AN, Andaman; LU, Luzon; BU, Burma; MA, 
Makran. Cross-sections in (b) are from Saffer & Bekins (2002). Plate convergence rate (v), incoming stratigraphic 
thickness (t), dip of the décollement (b), and surface slope (a) are indicated.
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9.8 VOLCANIC AND 
PLUTONIC ACTIVITY

Where subducting oceanic lithosphere reaches a depth 
of 65–130 km, volcanic and plutonic activity occurs, 
giving rise to an island arc or an Andean-type continen-
tal arc approximately 150–200 km from the trench axis 
(England et al., 2004). The thickness of arc crust refl ects 
both the age of the system and the type of crust on 
which the arc forms. Relatively young island arcs, such 
as the 3–4 Ma active part of the Mariana volcanic arc, 
may be underlain by a crust of 20 km thickness or less. 
Thin crust also generally occurs in settings where 
extension is dominant, such as in the Mariana arc 
system (Fig. 9.18b) (Kitada et al., 2006). Mature island 
arcs, such as those in the Neogene Japanese arc system, 
generally show crustal thicknesses ranging from 30 km 
to 50 km because they have been constructed on older 
igneous and metamorphic rock (Taira, 2001). Conti-
nental arcs, including the Andes and the Cascades, are 
structurally the most complex of all arc systems 
because of the numerous structural and compositional 
heterogeneities that are intrinsic to continental litho-
sphere. In compressional continental settings (e.g. Figs 
9.18a, Plate 10.1 (between pp. 244 and 245)), where 
substantial crustal thickening occurs, arc crust may 
reach thicknesses of 70–80 km (Section 10.2.4).

The types of volcanic rocks that occur in the supra-
subduction zone environment generally form three 
volcanic series (Gill, 1981; Baker, 1982):

1 The low potassium tholeiitic series that is 
dominated by basaltic lavas associated with 
lesser volumes of iron-rich basaltic andesites 
and andesites.

2 The calc-alkaline series, dominated by andesites 
(Thorpe, 1982) that are moderately enriched in 
potassium, other incompatible elements, and 
the light rare earth elements. In continental arcs 
dacites and rhyolites are abundant, although 
they are subordinate to andesites.

3 The alkaline series that includes the subgroups 
of alkaline basalts and the rare, very high 
potassium-bearing (i.e. shoshonitic) lavas.

In general, the tholeiitic magma series is well repre-
sented above young subduction zones. These rocks 

have been interpreted as being derived by the fractional 
crystallization of olivine from a primary magma origi-
nating at relatively shallow mantle depths of 65–100 km. 
The calc-alkaline and alkaline series are encountered in 
more mature subduction zones, and appear to refl ect 
magmas generated at depths greater than those that 
result in tholeiitic rocks. Calc-alkaline magmas, repre-
sented by andesite and basaltic andesite, are the most 
abundant of the volcanic series. Alkaline magmas 
exhibit the lowest abundance in island arcs and are more 
common in continental rifts and intraplate environ-
ments (Section 7.4.2).

Some island arcs exhibit spatial patterns in the distri-
bution of the volcanic series. In the Japanese island arc 
system, for example, a compositional trend of tholeiite/
calc-alkaline/alkaline volcanic rocks is apparent with 
increasing distance from the trench. This trend may 
refl ect magmas derived from increasingly greater depths 
and/or differences in the degree of partial melting (Gill, 
1981). A low degree of partial melting tends to concen-
trate alkalis and other incompatible elements into the 
small melt fraction (Winter, 2001), and could lead to an 
increase in alkalinity away from the trench due to a 
greater depth of melting or a decrease in the availability 
of water. However, there are many exceptions to this 
pattern in other arcs, indicating that differences in local 
conditions strongly infl uence magma compositions. 
The Izu-Bonin–Mariana arc system (Fig. 9.1), for 
example, shows compositional trends along the axis of 
the arc. From 35°N to 25°N latitude, volcanoes that 
form part of the Izu and Bonin arc segments are domi-
nated by low and medium potassium rock suites (Fig. 
9.24). The Mariana segment is dominated by medium 
potassium suites from 14°N to 23°N, and a shoshonitic 
province is found between the Mariana and Bonin seg-
ments (Stern et al., 2003). This great spectrum of rock 
compositions refl ects the diversity of processes involved 
in arc magmatism, including variations in the depth and 
degree of partial melting, magma mixing, fractionation, 
and assimilation (see also Section 7.4.2). In general, 
these observations indicate that the three volcanic series 
form a continuum of rock compositions and do not 
correspond to absolute magma types or source 
regions.

Mature arc systems, and especially continental arcs, 
typically include large, linear belts of plutonic rock 
called batholiths. These belts are so common in conti-
nental crust that they are widely used as indicators of 
ancient, now extinct convergent margins (Section 5.9). 
Occasionally the term Cordilleran-type batholith is used 
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to describe large composite bodies of plutonic rock that 
were created above ocean–continent subduction zones. 
The majority of these batholiths are composed of hun-
dreds to thousands of individual intrusions that range 
in composition from gabbro, tonalite and diorite to 
granodiorite and granite. Compositional similarities 
among many plutonic and some nearby volcanic rocks 
suggest that the former represent the crystallized 
residua of deep magma chambers that once fed shallow 
parts of the system. Their exposure in mature arcs 
results from prolonged periods of uplift and erosion.

One important, and highly controversial, area of 
research centers on the origin of the magmas supplying 
volcanic and plutonic complexes. Certainly the genera-
tion of the magmas must be linked in some way to the 
Benioff zone, as there is a very strong correlation 
between its depth and the systematic variation in 
volcanic rock composition and elemental abundances. 
Early models (e.g. Ringwood, 1975) suggested that the 
magmas were derived from melting of the top of the 
descending oceanic slab. However, this idea subse-
quently was rejected as a general model, in part because 
thermal models indicate that subducted lithosphere 
rarely becomes hot enough to melt (Peacock, 1991). In 
addition, petrologic and mineralogic evidence (Arculus 
& Curran, 1972) and helium isotope ratios (Hilton & 
Craig, 1989) indicate that the parental magmas origi-
nate by partial melting of asthenospheric mantle imme-
diately overlying the descending plate. Karig & Kay 

Figure 9.24  Potassium-silica diagram for the mean composition of 62 volcanoes collected along the Izu–Bonin–
Mariana arc system (modifi ed from Stern et al., 2003, by permission of the American Geophysical Union. Copyright © 
2003 American Geophysical Union).
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(1981), Davidson (1983), and Hilton & Craig (1989), 
among others, demonstrated that certain isotopic ratios 
require a large contribution from continent-derived 
sediments. Consequently, sediments from the trench 
must be carried down the subduction zone and incor-
porated into the asthenospheric melt (Plank & Lang-
muir, 1993). Most authors have concluded that the 
igneous crust of the subducting lithosphere contributes 
only very small amounts of melt, except, possibly, in 
special circumstances where young, hot lithosphere is 
subducted or warmed by mantle fl ow (Plate 9.3 between 
pp. 244 and 245). In this latter case, distinctive 
melt compositions such as adakites may be produced 
(Johnson & Plank, 1999; Yogodzinski, 2001; Kelemen 
et al., 2003).

A major problem of arc magmatism is the source of 
the heat required for melting the asthenosphere above 
the descending slab. It was originally believed that this 
was derived solely by shear heating at the top of the 
slab. However, this is unlikely because the viscosity of 
the asthenosphere decreases with increasing tempera-
ture, and at the temperatures required for partial fusion 
the asthenosphere would have such a low viscosity that 
shear melting could not occur. Ringwood (1974, 1977) 
suggested that partial melting takes place at a relatively 
low temperature because of the high water vapor pres-
sure resulting from the dehydration of various mineral 
phases in the downgoing slab. Indeed, the greater the 
amount of water present, the more the melting tem-
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perature of the mantle is reduced (Stolper & Newman, 
1994). Thus, water acts as a primary agent that drives 
partial melting beneath arcs.

It is thought that as much as half of the water carried 
down into a subduction zone is released below the 
forearc region, partly into the crust, and also into the 
mantle producing serpentinite (Fig. 9.19) (Bostock et al., 
2002). Most of the water carried to great depths is 
sequestered in hydrous minerals in altered and meta-
morphosed crust, including serpentinite. With in-
creasing pressure, hydrous basalt and gabbro are 
metamorphosed progressively to blueschist, then 
amphibolite, and then eclogite (Section 9.9). At each 
transformation water is released. Serpentinite is par-
ticularly effective in transporting water to great depth, 
but the extent to which the subducting lithosphere is 
serpentinized is unclear. Fast spread oceanic crust is 
thought to contain little or no serpentinite, but slow 
spread crust is known to contain some, perhaps as much 
as 10–20% (Carlson, 2001). However, as described above 
(Section 9.4), the lithospheric mantle in the downgoing 
slab may be hydrated to a depth of tens of kilometers 
as a result of the normal faulting associated with the 
bending of the plate as it approaches the subduction 
zone.

A generalized model of arc magmatism begins with 
the subduction of hydrated basalts beneath continental 
or oceanic lithosphere (Fig. 9.3). As the slab sinks 
through the mantle, heat is transferred to it from the 
surrounding asthenosphere and the basalt in the upper 
part of the slab begins to dehydrate through a series of 
metamorphic mineral reactions (Sections 9.4, 9.9). Sed-
iments that have been subducted along with the basalt 
also dehydrate and may melt due to their low melting 
temperatures. The release of metamorphic fl uids from 
the slab appears to be quite rapid, possibly occurring in 
as little as several tens of thousands of years (Turner & 
Hawkesworth, 1997). By contrast, the recycling of sub-
ducted sediment into the upper mantle may be slow 
(2–4 Ma). As heat is transferred to the slab, temperature 
gradients are established such that the asthenosphere in 
the vicinity of the slab becomes cooler and more viscous 
than surrounding areas, particularly near the upper part 
of the slab. This more viscous asthenosphere is then 
dragged down with the slab causing less viscous mantle 
to fl ow in behind it, as indicated in Fig. 9.3. It is the 
interaction of this downwelling mantle with aqueous 
fl uids rising from the sinking slab that is thought to 
produce partial melting of the mantle. In addition, 
some melts may result from the upwelling of hot mantle 

material within the mantle wedge (Sisson & Bronto, 
1998). If hot material rises quickly enough so that little 
heat is lost, the reduction in pressure may cause pres-
sure release or decompression partial melting (see also 
Section 7.4.2).

A detailed study of the depth to the zone of seismic-
ity and, hence, to the lithospheric slab directly beneath 
arc volcanoes has shown that, although these depths are 
consistent within a particular arc, they vary signifi cantly 
from arc to arc within a range of 65–130 km (England 
et al., 2004). Surprisingly these depths correlate not with 
the age or rate of underthrusting of the subducting 
lithosphere but inversely with the vertical rate of 
descent of the slab. England & Wilkins (2004) suggest 
that a high rate of descent increases the rate of fl ow in 
the mantle wedge and hence the rate at which hot 
mantle is drawn towards the corner of the wedge. This 
would produce higher temperatures, and hence melting, 
at a shallower depth than in the case of slow rates of 
descent.

Where suffi cient partial melting occurs, probably 10 
± 5% (Pearce & Peate, 1995), the melt aggregates and 
begins to rise toward the base of the crust. As the 
magma moves into the crust it differentiates and may 
mix with either new, crust-derived melts or older melts, 
eventually forming the magmas that result in the calc-
alkaline and alkaline series (Fig. 9.25). In the context of 
continental arcs, the generation of crust-derived melts 
appears to be common because the melting point of 
continental crust may be low enough to result in partial 
melting. Many of the Mesozoic Cordilleran-type batho-
liths of western North America (Tepper et al., 1993), the 
Andes (Petford & Atherton, 1996), West Antarctica 
(Wareham et al., 1997), and New Zealand (Tulloch & 
Kimbrough, 2003) contain chemically distinctive plutons 
that are thought to have originated from the partial 
melting of the lower continental crust. Tonalites, which 
are varieties of quartz diorite (see also Section 11.3.2), 
may be produced if the melting occurs at relatively high 
temperatures (∼1100°C). Granodiorite may be pro-
duced if the melting occurs at cooler temperatures 
(∼1000°C) and in the presence of suffi cient quantities 
of water. Melts that move through a thick layer of con-
tinental crust may become enriched in incompatible 
elements before reaching the surface. These magmas 
also may lose some of their water content and begin to 
crystallize, with or without cooling. This latter process 
results in volcanic rocks that are characteristically frac-
tionated, porphyritic, and wet. With time, the crust is 
thickened by overplating and underplating (Fig. 9.25). 
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Compression of the arc, such as that which occurs in 
the Chilean Andes (Fig. 9.18a), results in deformation 
that assists the thickening of arc crust (Section 10.2.4).

The mechanisms by which melts are transported 
through the mantle and crust are the source of a great 
deal of controversy. In general, transport processes 
operate on at least two different length scales (Petford 
et al., 2000): the centimeter- to decimeter-scale segrega-
tion of melt near its source region and the kilometer-
scale ascent of magma through the lithosphere to its 

fi nal site of emplacement. Melt segregation from along 
grain boundaries probably involves porous fl ow mecha-
nisms, assisted by ductile and brittle deformation. The 
ascent of melt appears to involve complex, nonvertical 
pathways from sources located at different depths. 
Schurr et al. (2003) identifi ed regions of low Q (Section 
9.4) from P-wave arrivals beneath the central Andes that 
reveal a variety of possible sources and ascent pathways 
for metamorphic fl uids and partial melts (Plate 9.4(top) 
between pp. 244 and 245). A seismic refl ection profi le 
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across the central Andes (Fig. 10.7) suggests the pres-
ence of fl uids, including partial melt, at 20–30 km depth 
beneath the volcanic arc (ANCORP Working Group, 
2003).

Measurements of disequilibria between short-lived 
uranium series isotopes in island arc lavas have sug-
gested that melt ascent velocities from source to surface 
can be extremely rapid (103 m a−1) (Turner et al., 2001). 
Such rates are much too fast for ascent to occur by 
grain-scale percolation mechanisms. Instead, melts 
probably separate into diapirs or form networks of low 
density conduits through which the fl ow occurs, either 
as dikes or as ductile shear zones. There is general 
agreement that deformation greatly enhances the rate 
of magma ascent. Laboratory experiments conducted 
by Hall & Kincaid (2001) suggest that buoyantly upwell-
ing diapirs of melt combined with subduction-induced 
deformation in the mantle may create a type of chan-
nelized fl ow. Predicted transport times from source 
regions to the surface by channel fl ow range from tens 
of thousands to millions of years. It seems probable that 
a range of mechanisms is involved in the transport of 
magma from its various sources to the surface.

The emplacement of plutons and volcanic rock 
within or on top of the crust represents the fi nal stage 
of magma transport. Most models of magma emplace-
ment have emphasized various types of deformation, 
either in shear zones (Collins & Sawyer, 1996; Saint 
Blanquat et al., 1998; Brown & Solar, 1999; Marcotte 
et al., 2005) or in faults (e.g. Section 10.4.2), fractures 
and propagating dikes (Clemens & Mawer, 1992; Daczko 
et al., 2001). Some type of buoyant fl ow in diapirs also 
may apply in certain settings (e.g. Section 11.3.5). 
Various mechanisms for constructing plutons and 
batholiths are discussed by Crawford et al. (1999), 
Petford et al. (2000), Brown & McClelland (2000), Miller 
& Paterson (2001b), and Gerbi et al. (2002), among 
many others.

9.9 METAMORPHISM 
AT CONVERGENT 
MARGINS

As oceanic basalt is subducted at convergent margins, 
it undergoes a series of chemical reactions that both 

release water into the upper mantle wedge (Section 9.8) 
and increase the density of the subducting slab. These 
reactions involve specifi c metamorphic transformations 
that refl ect the abnormally low geothermal gradients 
(10°C km−1) and the high pressures associated with the 
subduction zone environment (Section 9.5).

Prior to its subduction, oceanic basalt may exhibit 
low pressure (<0.6 GPa)/low temperature (<350°C) 
metamorphic mineral assemblages of the zeolite and 
prehnite-pumpellyite facies (Fig. 9.26). In some places 
greenschist facies minerals also may be present. In 
basalt, this latter facies typically includes chlorite, 
epidote and actinolite, which impart a greenish color to 
the rock (see also Section 11.3.2). This type of alteration 
of basalt results from the circulation of hot seawater in 
hydrothermal systems that develop near ocean ridges 
(Section 6.5).

As the altered basalt descends into a subduction 
zone, it passes through the pressure–temperature fi eld 
of the blueschist facies (Fig. 9.26), which is characterized 
by the presence of the pressure-sensitive minerals 
glaucophane (a sodic blue amphibole) and jadeite (a 
pyroxene). A transitional zone, characterized by the 
presence of lawsonite, also may occur prior to the trans-
formation to blueschist facies. Lawsonite is produced at 
temperatures below 400°C and at pressures of 0.3–
0.6 GPa (Winter, 2001), conditions that are not yet high 
enough to produce glaucophane and jadeite. Lawson-
ite, along with glaucophane and other amphibole min-
erals, is an important host for water in subducting ocean 
crust.

One of the most important metamorphic reactions 
resulting in the dehydration and densifi cation of sub-
ducting oceanic crust involves the transformation from 
the blueschist facies to the eclogite facies (Fig. 9.26). 
Eclogite is a dense, dry rock consisting mostly of garnet 
and omphacite (i.e. a variety of clinopyroxene rich in 
sodium and calcium). The exact depth at which eclogite 
facies reactions occur depends upon the pressures and 
temperatures in the subducting oceanic crust (Peacock, 
2003). In relatively cool subduction zones, such as in 
northeast Japan (Plate 9.3a between pp. 244 and 245), 
the transformation may occur at depths of >100 km 
(Fig. 9.31). In relatively warm subduction zones, such 
as in southwest Japan (Plate 9.3b between pp. 244 and 
245), the transformation may occur at depths as shallow 
as 50 km (Fig. 9.27). This transformation to eclogite 
enhances the negative buoyancy of the descending 
lithosphere and contributes to the slab-pull force acting 
on the subducting plate (Section 12.6).
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Figure 9.26  Pressure–temperature diagram showing the approximate limits between the metamorphic facies (from 
Winter, John D., Introduction to Igneous and Metamorphic Petrology, 1st edition © 2001, p. 195. Reprinted by 
permission of Pearson Education Inc., Upper Saddle River, NJ). Example of an elevated (30°C km−1) continental geotherm 
and stability ranges of three Al2SiO5 polymorphs commonly found in metamorphosed sedimentary rock (Ky, kyanite; 
And, andalusite; Sil, sillimanite) are shown for reference. Ab and Ep are albite and epidote, respectively.
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Samples of blueschist and eclogite obtained from 
convergent margins (Section 9.7) provide important 
information on the physical and chemical conditions 
that occur within and above subducting lithosphere. 
Some of the fi rst direct evidence of the conditions in 
the vicinity of the subduction zone décollement beneath 
a forearc has been provided by observations in the 
Mariana forearc. In this setting, large serpentine mud 
volcanoes up to 30 km in diameter and 2 km high occur 
in the forearc slope above an erosive margin (Fig. 9.19). 
In addition to serpentine, the volcanoes erupt slab-
derived fl uids and blueschist facies clasts that record the 
relatively cool temperatures of 150–250°C and pres-
sures of 0.5–0.6 GPa (Maekawa et al., 1993). These 
determinations are consistent with thermal models of 
the slab–mantle interface where abnormally low geo-
thermal gradients result from the rapid descent of cool 
oceanic lithosphere at trenches (Section 9.5) and from 
low to moderate levels of friction (Peacock, 1992). 
Samples of material obtained by drilling the Mariana 
mud volcanoes also provide evidence of the interac-
tions among pore fl uids, sediment and metamorphic 
rock that occur in an accretionary prism (Fryer et al., 
1999). Similar material, known as sedimentary serpenti-
nite, occurs in blueschist facies metamorphic belts pre-
served within continental crust. These belts commonly 
are interpreted to represent the suturing of ancient con-
tinental margins following the consumption of an inter-
vening ocean (Sections 10.4.2, 11.4.3). Blueschist also is 
associated with ophiolitic suites (Ernst, 1973), lending 
support to the interpretation that some ophiolites 
formed in the forearc region of incipient subduction 
zones (Section 2.5).

In addition to the low temperature/high pressure 
type of metamorphism associated with subduction 
zones, some convergent margins also exhibit a type of 
regional metamorphism characterized by high tem-
peratures (>500°C) and low to moderate pressures. 
This type of metamorphism commonly is associated 
with the high geothermal gradients that characterize 
magmatic arcs. Index minerals in metamorphosed 
sedimentary rocks, such as andalusite and sillimanite 
(Fig. 9.26), provide evidence of high temperatures in 
these regions. Temperature gradients of more than 
25°C km−1 up to about 50°C km−1 result from the ascent 
of magmas generated where aqueous fl uids from the 
subducted slab infi ltrate the mantle wedge (Section 9.8). 
This type of metamorphism also is associated with the 
high differential stresses, deformation, and crustal thick-
ening that accompany the formation of Andean-type 

orogens (Section 10.2.5). Both associations affect large 
areas of the crust at convergent margins and thus refl ect 
the large-scale thermal and tectonic disturbance associ-
ated with subduction and orogeny.

The most common groups of rocks associated with 
regional metamorphism belong to the greenschist, 
amphibolite and the granulite facies (Fig. 9.26). The 
transition from greenschist to amphibolite facies, like 
all metamorphic reactions, is dependent on the initial 
composition of the crust as well as the ambient 
pressure, temperature and fl uid conditions. In meta-
morphosed basalt this transition may be marked by the 
change from actinolite to hornblende as amphibole is 
able to accept increasing amounts of aluminum and 
alkalis at high temperatures (>500°C) (Winter, 2001). At 
temperatures greater than 650°C amphibolite trans-
forms into granulite. Granulites are highly diverse and 
may be of a low, medium or high pressure variety 
(Harley, 1989). In general, granulite facies rocks are 
characterized by the presence of anhydrous mineral 
assemblages such as orthopyroxene, clinopyroxene, and 
plagioclase.

If conditions at high temperatures are hydrous, then 
migmatite may form. Migmatite is a textural term that 
describes a mixed rock composed of both metamorphic 
and apparently igneous material. Proposed mechanisms 
for migmatite formation have included the partial 
melting of a rock, the injection of igneous (granitic or 
tonalitic) material into a rock, and the segregation of 
silicate material from a host during metamorphic rather 
than igneous activity. Migmatites are best developed in 
pelitic metasedimentary rocks, but also may occur in 
mafi c rocks and granitoids. Brown et al. (1999) describe 
the structural and petrologic characteristics of migma-
tite derived from pelitic and basaltic rocks. Suda (2004) 
summarizes the formation and signifi cance of migma-
tite in an intra-oceanic island arc setting. Klepeis et al. 
(2003) and Clarke et al. (2005) provide summaries of the 
tectonic setting and possible interpretations of a high-
pressure (1.2–1.4 GPa) mafi c granulite and associated 
migmatite belt located in Fiordland, New Zealand. 
These latter rocks represent the hot, lower crustal root 
of thick Cretaceous continental arc crust that has been 
exhumed during subsequent tectonic activity.

Attempts to place the evolution of the high pres-
sure/low temperature and the high temperature/low 
pressure varieties of metamorphic rocks in the context 
of subduction zone processes are common in the 
scientifi c literature. One important early effort by 
Miyashiro (1961, 1972, 1973) led to the concept of 
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paired metamorphic belts. On the Japanese islands of 
Hokkaido, Honshu, and Shikoku (Fig. 9.28), Miyashiro 
identifi ed three pairs of metamorphic belts of dif-
ferent age that approximately parallel the trend of the 
modern Japanese subduction zone. Each of these belts 
consists of an outer zone of high pressure/low tem-
perature blueschist and an inner belt of low pressure/
high temperature rock. This spatial relationship and 
the similar age of each outer and inner belt led him 
to conclude that the belts formed together as a pair. 
After the introduction of plate tectonics, these paired 
belts were interpreted to be the result of underthrust-
ing of oceanic crust beneath an island arc or continen-
tal crust (Uyeda & Miyashiro, 1974). The outer 
metamorphic belt was interpreted to develop near the 
trench due to the low geothermal gradient caused by 
subduction. The inner belt was interpreted to form in 

the arc, some 100–250 km away, where geothermal 
gradients are high.

The application of the paired metamorphic belt 
model to Japan has allowed some investigators to infer 
the direction of subduction and plate motions at various 
times in the past. At present, Pacifi c lithosphere is sub-
ducted in a northwesterly direction beneath the Japan 
arc. The metamorphic polarity of the Sangun/Hida 
and Ryoke/Sanbagawa paired belts (Fig. 9.28) suggests 
that they were formed similarly, by underthrusting in a 
northwesterly direction. The Hidaka/Kamuikotu paired 
belt shows the opposite metamorphic polarity, and 
therefore may have formed during a different phase of 
plate movements when the direction of subduction was 
from the west of Japan. However, there are some dis-
crepancies in this interpretation. For example, the 
Ryoke/Sanbagawa belts are much closer together than 

Figure 9.28  Three paired metamorphic belts in Japan, F–F‘ is the Itoigawa–Shizuoka Line (from Miyashiro, 1972. 
Copyright 1972 by American Journal of Science. Reproduced with permission of American Journal of Science in the 
format Textbook via Copyright Clearance Center). Profi le A–A′ is shown in Fig. 9.29.
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predicted by the model, and so it has been suggested 
that the boundary between them, called the Median 
Tectonic Line, experienced some 400 km of strike-slip 
movement (Section 5.3). This transcurrent movement 
has been confi rmed by detailed mapping (Takagi, 1986) 
and indicates that strike-slip faulting was responsible 
for bringing the Sanbagawa and Ryoke belts into 
juxtaposition (Fig. 9.29).

Since the work of Miyashiro (1961, 1972, 1973), 
interpretations of paired metamorphic belts have been 
attempted in both island arc and Andean type settings 
around the Pacifi c margin (Fig. 9.30). The simplicity of 
these interpretations is appealing; however, in some 
examples, numerous inconsistencies exist. In the Atlan-
tic region and in the Alps, many Phanerozoic metamor-
phic belts either lack one of the pairs or the contrast 
between them is unclear. These patterns, and the real-
ization that many paired metamorphic belts did not 
form in their present positions, has led to skepticism 
about their overall signifi cance. Brown (1998) summa-
rized the evolution of thought that has led to a general 
demise of the concept of paired metamorphic belts in 
many convergent margins and orogens. One reason for 
this is that most metamorphic belts are no longer con-
sidered to be characterized by a single geothermal gra-
dient, mainly because the rocks record an evolution 
across a range of geotherms through time. In addition, 
the recognition of suspect terranes and the importance 
of accretionary processes (Section 10.6) suggests that 
the tectonic units along these margins refl ect a complex 

array of processes that may or may not have accompa-
nied subduction. Taira (2001) summarizes the impor-
tance of terrane collision for the evolution of Japan’s 
metamorphic belts.

9.10 BACKARC 
BASINS

Backarc (or marginal) basins are relatively small basins 
of either oceanic or continental affi nity that form 
behind the volcanic arc in the overriding plate of a 
subduction zone (Fig. 9.3). Oceanic varieties are most 
common in the western Pacifi c, but are also found in 
the Atlantic behind the Caribbean and Scotia arcs. In all 
of these settings, the basins reside on the inner, concave 
side of the island arc and many are bounded on the side 
opposite the arc by a backarc ridge (remnant arc). Most 
of these basins are associated with extensional tectonics 
and high heat fl ow, and the majority of oceanic varieties 
contain sea fl oor spreading centers where new oceanic 
crust is generated. In continental settings, extensional 
backarc basins have been described in the context of 
Andean-type convergent margins (Section 10.2). Some 
of the best preserved examples of this type formed 
along the western margin of South America during 

Figure 9.29  Geologic cross-section of southwest Japan (modifi ed from Taira, 2001, Annual Review of Earth and 
Planetary Sciences 29, Copyright © 2001 Annual Reviews). Location of profi le shown in Fig. 9.28. MTL, Median Tectonic 
Line.
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Mesozoic times (Section 10.2.1). An example of an 
active continental backarc basin is the extensional Taupo 
volcanic zone on the North Island of New Zealand 
(Stern, 1987; Audoine et al., 2004).

Karig (1970) was one of the fi rst to suggest that 
backarc basins form by the rifting of an existing island 
arc along its length, with the two halves corresponding 
to the volcanic and remnant arcs. This interpretation is 
based on observations in the Lau basin (Fig. 9.31), 
which lies west of the Tonga–Kermadec arc and is 
fl anked on its western side by the Lau ridge. Karig 
(1970) concluded that extension was important during 
basin formation on the basis of the following observa-
tions: (i) the asymmetric cross-section of both the arc 
and ridge, which are mirrored across the center of the 
basin; (ii) the basin’s topographic features, which are 
aligned parallel to both the arc and the ridge; (iii) the 
considerable sediment thickness present to the seaward 
side of the arc and landward side of the ridge and the 
absence of sediment within the basin; and (iv) the con-
tinuation of the arc–basin–ridge system to the south 
where it correlates with a zone of active backarc exten-

sion in the Taupo volcanic zone of New Zealand (Fig. 
9.31). Further support for extension comes from the 
subsidence of remnant arcs as their dynamic support is 
removed after the development of backarc basins, 
earthquake focal mechanism solutions, and the seg-
mented geometry of normal faults and spreading ridges, 
which also characterize continental rifts (Section 7.2) 
and mid-ocean ridges. The Woodlark Rift (Fig. 7.39b), 
which records the transition from rifting to sea fl oor 
spreading above a Neogene subduction zone (Section 
7.8.2), illustrates this segmentation especially well.

In general, the composition of the crust in oceanic 
backarc basins is broadly similar to that of other ocean 
basins, although in some cases layer 1 is unusually thick. 
Net accretion rates are similar to those deduced for 
mid-ocean ridges, and range from approximately 
160 mm a−1 in the northern Lau basin (Bevis et al., 1995) 
to 70 mm a−1 in the East Scotia Sea (Thomas et al., 2003) 
and 20–35 mm a−1 in the Mariana Trough (Martínez 
et al., 2000). The crust in these settings commonly 
shows substantial thinning by normal faulting, although 
the total crustal thickness also depends upon the rate of 

Figure 9.30  Paired metamorphic belts in the circum-Pacifi c region. Dotted lines, high pressure belts; solid lines, low 
pressure belts (redrawn from Miyashiro, 1973, with permission from Elsevier)
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magma addition and the age of the crust. In the Mariana 
Trough (Fig. 9.1), for example, crustal thicknesses range 
from 3.4 to 6.9 km, with the thinnest values correspond-
ing to either slow spreading centers or magma-starved 
regions, and the thickest crust corresponding to regions 
of high magmatic activity (Kitada et al., 2006).

These observations and the evidence for extension 
and sea fl oor spreading imply that backarc crust in 
oceanic settings is generated in a manner similar to that 
occurring at mid-ocean ridges (Section 6.10). However, 
there are many important differences in the processes 
that form basaltic crust in these two environments. 

Structures corresponding to a mid-ocean ridge are 
not always present in backarc basins, and magnetic 
lineations may be poorly developed (Weissel, 1981). 
Those lineations that are present can be correlated with 
the magnetic polarity timescale (Section 4.1.6), although 
they tend to be shorter, of lower amplitude and less 
clearly defi ned than oceanic anomalies. In the southern 
Lau Basin, for example, individual magnetic anomaly 
lineations cannot be traced for more than 30 km along 
the strike of the basin (Fujiwara et al., 2001). This short 
length probably refl ects the small size of basement 
faults, which typically display segmented, en echelon 

Figure 9.31  Map showing the location of backarc basins in a part of the southwest Pacifi c, including the Lau basin, 
the South Fiji basin, the New Caledonian basin, and the Taupo volcanic zone (modifi ed from Collins, 2002b, by 
permission of the American Geophysical Union. Copyright © 2002 American Geophysical Union). Box shows location of 
Fig. 9.32.
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patterns. Geochemical studies also indicate that 
backarc lavas commonly display greater compositional 
variations, including higher water contents, than mid-
ocean ridge basalts (Taylor & Martínez, 2003). Many 
backarc lavas are chemically related to the lavas that 
form the adjacent island arc. These observations suggest 
that crustal accretion in backarc basins is strongly infl u-
enced by processes related to subduction (e.g. Kitada 
et al., 2006).

Tomographic images of the mantle beneath active 
backarc spreading centers have confi rmed the impor-
tant linkages that exist between backarc crustal accre-
tion and subduction. In one of the best-studied 
arc–backarc systems, Zhao et al. (1997) showed that 
very slow seismic velocities beneath the active Lau 
spreading center and moderately slow anomalies under 
the Tonga arc are separated at shallow (<100 km) depths 
in the mantle wedge but merge below 100 km to depths 
of 400 km (Plate 9.1 between pp. 244 and 245). The 
magnitude of the velocity anomalies is consistent with 
the presence of approximately 1% melt at depths of 
30–90 km (Wiens & Smith, 2003). At greater depths the 
anomalies may result from the release of volatiles orig-
inating from the dehydration of hydrous minerals. 
These results indicate that backarc spreading is related 
to convective circulation in the mantle wedge and dehy-
dration reactions in the subducting slab. They also 
suggest that backarc magma production is separated 
from the island arc source region within the depth 
range of primary magma production. By contrast, 
below 100 km, backarc magmas originate through 
mixing with components derived from slab dehydration 
and may help to explain some of the unique features 
in the petrology of backarc magmas relative to typical 
mid-ocean ridge basalts.

A wide variety of mechanisms has been postulated 
to explain the formation of backarc basins. One 
common view is that the extension and crustal accre-
tion that characterize these environments occur in 
response to regional tensional stresses in the overriding 
lithosphere of the subduction zone (Packham & Falvey, 
1971). These stresses may result from the trench suction 
force as the subducting slab steepens or “rolls-back” 
beneath the trench (Chase, 1978; Fein & Jurdy, 1986) 
(Section 12.6). Such a roll-back mechanism has been pos-
tulated to occur in subduction systems where the “abso-
lute” direction of movement of the overriding plate is 
away from the trench (e.g. Figs. 10.9b,c, 10.37). Other 
sources of the tension could include convection in the 
upper mantle wedge induced by the descent of the 

underthrusting slab (Hsui & Toksöz, 1981; Jurdy & 
Stefanick, 1983) or an increase in the angle of subduc-
tion with depth (Section 12.6). Although these and 
other mechanisms controlling the evolution of backarc 
basins are often debated, most authors agree that basin 
evolution is strongly infl uenced by the pattern of fl ow, 
partial melting and melt transport in the upper mantle 
wedge above a subduction zone. Geodynamic models 
increasingly have appealed to three-dimensional circula-
tion patterns associated with trench migration and slab 
roll-back to explain the thermal evolution of the wedge 
and the production of melt within it (Kincaid & Griffi ths, 
2003; Wiens & Smith, 2003).

Martínez & Taylor (2002) developed a model of 
crustal accretion for the Lau basin that explains the 
mechanism of backarc magmatism and its relationship 
to magmatism in the Tonga arc. These authors observed 
that the various spreading centers in the basin (Fig. 9.32) 
display structural and compositional patterns that 
correlate with distance from the arc. As in most other 
intra-oceanic arc systems, the crust displays a general 
depletion of certain elements relative to mid-ocean 
ridge basalt that increases from the backarc toward the 
arc. In addition, the spreading center closest to the arc 
(the Valu Fa spreading ridge) displays a structure, depth 
and morphology indicating that it is characterized 
by an enhanced magma supply relative to other 
centers. Farther away from the arc, the East Lau and 
Central Lau spreading centers display diminished and 
normal magma supplies, respectively. Martínez & 
Taylor (2002) proposed that these variations result from 
the migration of magma source regions supplying the 
backarc spreading centers through the upper mantle 
wedge.

The model of Martínez & Taylor (2002) begins with 
the roll-back of the Pacifi c slab beneath the Tonga 
trench (large white arrow in Fig. 9.33a). This motion 
induces a compensating fl ow of mantle material beneath 
the Lau basin (small black arrows). As the mantle 
encounters water that is released from the subducting 
slab (Section 9.8), it partially melts, leaving a residual 
mantle depleted of a certain melt fraction. The stipple 
in Fig. 9.33a indicates the region of hydrated mantle. 
The region of partial melt is shown as the white back-
ground beneath the stippling. Flow induced by subduc-
tion drives the depleted layer toward the upper corner 
of the wedge where increased water concentrations 
from the slab promote additional melting. This region 
of enhanced melting (outlined area in Fig. 9.33a) sup-
plies the Valu Fa spreading ridge close to the volcanic 
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front, which receives melt that would otherwise supply 
the volcanic arc. The enhanced melting in this region 
also allows the depleted mantle (light gray in Fig. 9.33a) 
to remain weak enough to fl ow until it overturns and 
is carried back beneath the backarc basin as subduction 
proceeds. This return fl ow of depleted mantle results 
in diminished melt delivery to the East Lau spreading 
center farther from the volcanic arc because the melting 
regime is too far away to directly draw arc melts. 
Normal melting conditions occur at the Central Lau 
spreading ridge because this region overlies mantle that 
is farthest away from the volcanic front and from the 
effects of the slab. Consequently this latter spreading 

center displays a crustal thickness, morphology, and 
geochemistry like those of a typical mid-ocean ridge.

Taylor & Martínez (2003) generalized this model to 
include other oceanic backarc basins, including the 
Mariana, Manus and East Scotia Sea basins. Variations 
in basalt geochemistry in these basins also can be 
explained by the migration of melt source regions in 
the mantle wedge and by differences in the extents and 
depths of partial melting. The geochemical data also 
suggest that the mantle source regions for the Lau 
and Manus backarc basins are hotter than those of 
the Mariana and Scotia due to faster rates of subduc-
tion. These increased rates appear to induce greater 

Figure 9.32  Location map of the Lau basin showing the backarc spreading centers (heavy lines), trench axis (dotted 
line), arc volcanoes (white triangles), and contours of the subducted slab (dashed lines) labeled in km (after Martínez & 
Taylor, 2002, with permission from Nature 416, 417–20. Copyright © 2002 Macmillan Publishers Ltd). N, Niuafo’ou plate; 
T, Tonga plate; VFR, Valu Fa ridge; ELSC, east Lau spreading center; CLSC, central Lau spreading center; ETZ, extensional 
transform zone.
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transport of heat within the mantle wedge (England & 
Wilkins, 2004). Thus, many of the fundamental differ-
ences between crustal accretion in backarc and mid-
ocean ridge settings can be explained by the structure 
and dynamics of fl ow in the upper mantle wedge. 
However, it is important to realize that, in addition to 
processes related to subduction, it is probable that some 
backarc basins are infl uenced by the specifi c confi gura-
tions of plate boundaries in their vicinity. An example 
of this may be the North Fiji basin where the backarc 
spreading direction is oriented at unusually low angles 
(10–30°) to the trend of the arc. Schellart et al. (2002) 
suggested that this unusual spreading direction could be 
related to an asymmetric opening of the basin and to 
collisional processes occurring along the plate 
boundary. The evolution of the Woodlark Rift (Section 
7.8.2) also is strongly infl uenced by local boundary 
conditions, including rheological weaknesses in the 
lithosphere.

Variability in the structure and magmatic character-
istics of backarc basins also is common in continental 
settings. Along the western margin of South America, 
for example, a series of extensional basins formed 
during a period of Mesozoic extension above a 
long-lived subduction zone (Fig. 9.34) (Section 10.2.1). 
In most of these basins, extension and backarc rifting 

occurred without the formation of a basaltic basin fl oor 
(Mpodozis & Allmendinger, 1993). Only in Colombia 
and southernmost Chile did extension proceed to a 
stage where complete rupture of continental crust 
(Section 7.5) occurred and oceanic-type spreading 
centers developed. A possible modern analogue of 
these oceanic basins is the Bransfi eld basin, located 
behind the South Shetland trench near the Antarctic 
Peninsula (Fig. 9.1). This latter basin is asymmetric and 
displays evidence for having opened by rift propagation 
through pre-existing arc crust beginning 4–5 million 
years ago (Barker et al., 2003). Mora-Klepeis & 
McDowell (2004) discuss the geochemical signatures of 
rocks that record a similar transition from arc volcanism 
to rifting in the Baja California region of northwestern 
México.

Although common, not all continental backarcs are 
associated with extension or rifting. Many zones of 
ocean–continent convergence, including the modern 
Andean margin (Section 10.2), record shortening and 
orogenesis in the backarc environment. Regardless of 
the style of deformation they record, most continental 
backarcs are characterized by relatively thin, hot litho-
sphere (Hyndman et al., 2005) (e.g. Fig. 10.7) whose 
properties greatly affect the mechanical evolution of the 
convergent margin (e.g. Sections 10.2.5,10.4.6).



10 Orogenic belts
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10.1 INTRODUCTION

Orogenic belts are long, commonly arcuate tracts of 
highly deformed rock that develop during the creation 
of mountain ranges on the continents. The process of 
building an orogen, or orogenesis, occurs at convergent 
plate margins and involves intra-plate shortening, 
crustal thickening, and topographic uplift. Ancient 
orogens, whose topography has been reduced or elimi-
nated by erosion, mark the location of old, inactive 
plate margins and, thus, provide important information 
on past plate movements (e.g. Section 11.4.3).

The processes that control orogenesis vary consid-
erably depending on the tectonic setting and the type 
of lithosphere involved in the deformation. Noncolli-
sional or Andean-type orogens (Section 10.2) result from 
ocean–continent convergence where plate motions and 
other factors controlling subduction (Section 9.6) lead 
to compression within the overriding plate. Collisional 
orogens (Sections 10.4, 10.5) develop where a continent 
or island arc collides with a continental margin as a 
result of subduction. In these latter belts, the thickness 
and positive buoyancy of the colliding material inhib-
its its descent into the mantle and leads to compres-
sion and orogeny. The Himalayan–Tibetan belt and 
the European Alps represent orogens that form by 
continent–continent collision following the closure 
of a major ocean basin (i.e. Himalaya-type). Another 
variety where continental collision is highly oblique 
and did not involve ocean closure occurs in the South-
ern Alps of New Zealand (Sections 8.3.3, 8.6.3). 
Orogens that form by arc–continent collision include 
belts in Taiwan and the Timor–Banda arc region in 
the southwest Pacifi c.

Much of the internal variability displayed by both 
collisional and noncollisional orogens can be explained 
by differences in the strength and rheology of the conti-
nental lithosphere and by processes that infl uence these 
properties during orogenesis (Sections 10.2.5, 10.4.6). 
For example, where the continental lithosphere is rela-
tively cool and strong, orogens tend to be comparatively 
narrow, ranging between 100 and 400 km wide. The 
Southern Alps of New Zealand (Fig. 8.2a) and the south-
ern Andes near 40°S latitude (Fig. 10.1a) exhibit these 
characteristics. Conversely, where the continental litho-
sphere is relatively hot and weak, strain tends to delocal-
ize and is distributed across zones that can be over a 
thousand kilometers wide. The central Andes near 20°S 

latitude (Fig. 10.1a) and the Himalayan–Tibetan orogen 
(Section 10.4) display these latter characteristics. Pro-
cesses that change the strength and rheology of conti-
nental lithosphere during orogenesis commonly include 
magmatism, metamorphism, crustal melting, crustal 
thickening, sedimentation, and erosion.

The gradual accretion of continental fragments, 
island arcs, and oceanic material onto continental 
margins over millions of years is one of the primary 
mechanisms by which the continents have grown since 
Precambrian times (Sections 10.6, 11.4.2, 11.4.3). Most 
ancient and active orogens record many cycles of accre-
tion and orogeny where distinctive assemblages of 
crustal material called terranes (Section 10.6.1) have col-
lided and become attached to the continental margin. 
This process is augmented by other mechanisms of 
continental growth, including magma addition, sedi-
mentation, and the creation and destruction of exten-
sional basins (Section 10.6.3). Orogens that have grown 
signifi cantly by these processes over long periods of 
time, often without ocean closure, generally have been 
termed accretionary orogens. Examples include the 
Paleozoic Altaids, which form much of northern China 
and Mongolia (S

S
engör & Natal’in, 1996); the western 

Cordillera of North America (Sections 10.6.2, 11.4.3); 
and the Lachlan Orogen of southeast Australia (Section 
10.6.3). Pure accretionary orogens may lack evidence of 
a major continent–continent collision and consist of 
many small terranes and arc–continent collisions that 
have occurred along the margin of a long-lived ocean.

In this chapter, examples from South America, Asia, 
North America, Australia, and the southwest Pacifi c 
illustrate the diverse characteristics of orogens and the 
major mechanisms of orogenesis, including the evolu-
tion of compressional sedimentary basins.

10.2 OCEAN–
CONTINENT 
CONVERGENCE

10.2.1 Introduction

One of the best-studied examples of an orogen that has 
formed by ocean–continent convergence lies in the 
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central Andes of Peru, Bolivia, northern Chile, and 
Argentina (Fig. 10.1). Here, the Andes exhibit the 
highest average elevations, the greatest width, the thick-
est crust, and the greatest amount of shortening in the 
orogen (Isacks, 1988; Allmendinger et al., 1997; ANCORP 
Working Group, 2003). This central segment illustrates 
how many of the characteristic features of large 
orogens may form in the absence of continent–conti-
nent collision.

The Andean mountain chain, or cordillera, extends 
some 7500 km from Venezuela and Colombia in the 
north to Tierra del Fuego in the south. Along its length, 
the orogen displays a remarkable degree of diversity in 
structure, geologic history, and tectonic evolution. This 
diversity complicates determinations of the factors that 
control orogenesis within its different segments. Never-

theless, some common elements are evident that 
provide important boundary conditions on noncolli-
sional orogenic processes. One of these constraints is 
that the active margin of South America was character-
ized by either a noncompressive or an extensional 
regime during the Late Jurassic and Early Cretaceous 
(Mpodozis & Ramos, 1989). At this time, most of the 
margin lay below sea level as a series of extensional 
backarc and marginal basins (Fig. 9.34) formed above a 
subduction zone (Dalziel, 1981; Mpodozis & Allmend-
inger, 1993; Mora et al., 2006). This history shows that 
by itself subduction cannot account for the formation 
of Andean-type orogens. Rather, mountain building in 
this setting results only when ocean–continent conver-
gence leads to compression in the overriding plate (Sec-
tions 9.6, 10.2.5).
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In the Andes, compressional regimes have been 
established several times since the early Mesozoic, with 
the most recent phase beginning about 25–30 Ma 
(Allmendinger et al., 1997). The beginning of this latest 
phase of compression has been interpreted to refl ect 
two major processes: the trenchward acceleration of 
the South American plate (Pardo-Casas & Molnar, 1987; 
DeMets et al., 1990; Somoza, 1998) and strong inter-
plate coupling between the subducting oceanic litho-
sphere and the overriding continent (Jordan et al., 1983; 
Gutscher et al., 2000; Yáñez & Cembrano, 2004). One 
of the principal aims of tectonic studies in the Andes is 
to determine the origin of the highly variable response 
of the South American plate to this compression. This 
section provides a discussion of the fi rst-order physical 
characteristics of the central and southern Andes that 
allow geoscientists to make inferences about the genesis 
of the mountain range.

10.2.2 Seismicity, 
plate motions, and 
subduction geometry

The general pattern of seismicity in the Andes is in 
accord with the eastward subduction of the Nazca plate 
beneath South America (Molnar & Chen, 1982). Geo-
detic data suggest that convergence velocities with 
respect to South America are 66–74 mm a−1 at the trench 
(Norabuena et al., 1998; Angermann et al., 1999; Sella 
et al., 2002). These rates are slower than the 77–80 mm a−1 
predicted by the NUVEL-1A model of plate motions 
(Section 5.8) and appear to refl ect a deceleration from 
a peak of some 150 mm a−1 at 25 Ma (Pardo-Casas & 
Molnar, 1987; Somoza, 1998; Norabuena et al., 1999). 
Currently, relative motion results in a variable compo-
nent of trench-parallel displacement along the margin. 
In the central Andes, this component is minor and 
appears to be accommodated mostly within the sub-
ducted slab itself (Siame et al., 2005). In the southern 
Andes, a moderate component of trench-parallel 
motion is accommodated by slip along major strike-slip 
faults (Cembrano et al., 2000, 2002).

Focal mechanism solutions from shallow (≤70 km 
depth) earthquakes show that the South American plate 
is currently in compression (Fig. 10.2). Near the Peru–
Chile Trench, some normal faulting occurs in response 

to bending and other mechanical adjustments within 
the subducting oceanic lithosphere. Farther east thrust-
type solutions are most abundant with some strike-slip 
motion (Gutscher et al., 2000; Siame et al., 2005). In 
general, the axes of maximum compressional stress 
are aligned with the plate motion vector, suggesting 
that plate boundary stresses are transmitted up to 
several hundred kilometers into the South American 
plate.

The distribution of earthquake hypocenters with 
depth indicates that the margin is divided into fl at and 
steep subduction segments (Barazangi & Isacks, 1979; 
Jordan et al., 1983). Beneath southern Peru and Bolivia, 
the Benioff zone dips about 30° (Fig. 10.3a,b). Beneath 
north-central Chile, it initially forms an angle of 30° to 
a depth of ∼100 km and then dips at angles of 0–10° for 
several hundred kilometers (Fig. 10.3c). To allow sub-
duction to take place at such different angles, either a 
lithospheric tear or a highly distorted down-going plate 
must accommodate the transitions between the fl at and 
steep segments.

Above zones of fl at subduction, shallow seismicity 
is more abundant and broadly distributed than over 
neighboring steep segments (Barazangi & Isacks, 1979; 
Jordan et al., 1983). The seismic energy released in the 
upper plate above fl at slabs is, on average, three to fi ve 
times greater than in steep (>30°) segments between 
250 and 800 km from the trench (Gutscher et al., 2000). 
These differences suggest that fl at slab segments are 
strongly coupled to the overlying continental plate 
(Section 9.6). The coupling appears to be controlled by 
the presence of a cool slab at shallow depths beneath 
the continental lithosphere, which strengthens the 
upper plate and enables it to transmit stresses over long 
distances.

In addition to infl uencing mechanical behavior, 
variations in the dip of the subducting plate affect pat-
terns of volcanism. In the central Andes, where the 
slab dips steeply, Neogene volcanism is abundant (Plate 
10.1a between pp. 244 and 245). By contrast, above the 
fl at slab segments of north-central Peru and Chile (30°S 
latitude), signifi cant Neogene volcanism is absent. 
These volcanic gaps and fl at slab segments align with 
the location of partially subducted aseismic ridges. 
Gutscher et al. (2000) used relocated earthquake hypo-
centers (Engdahl et al., 1998) below 70 km depth to 
generate a three-dimensional tomographic image of 
the subducted Nazca plate beneath the central and 
northern Andes (Plate 10.1b between pp. 244 and 245). 
The image shows two morphological highs that cor-
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respond to the partially subducted Nazca Ridge and 
the fully subducted ridge beneath the Inca Plateau. A 
lithospheric tear may occur at the northwestern edge 
of the fl at slab. These relationships support interpreta-

tions that the subduction of thick, buoyant oceanic 
lithosphere leads to fl at subduction and can terminate 
magmatism by eliminating the asthenospheric wedge 
(Section 9.6).
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Figure 10.2 Earthquake focal mechanism solutions in South America from the Harvard CMT catalogue for shallow 
(<70 km) earthquakes (1976–1999) (image provided by M.-A. Gutscher and modifi ed from Gutscher et al., 2000, by 
permission of the American Geophysical Union. Copyright © 2000 American Geophysical Union). Shaded relief map is 
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10.2.3 General geology of the 
central and southern Andes

The central Andes display two major mountain chains 
called the Western and Eastern cordilleras (Fig. 10.1b). 
Where the subducting Nazca plate dips steeply, south 
of latitude 15°S, the Western Cordillera contains the 
active volcanic arc. North of this latitude, where an 
active arc is absent, it is composed of Cenozoic extru-
sive rock. Paleozoic metasedimentary rock interfolded 
with Mesozoic-Cenozoic volcanic and sedimentary 
sequences comprise the Eastern Cordillera.

South of about latitude 15°S, the Western and 
Eastern cordilleras diverge around a large composite 

plateau called the Altiplano-Puna (Fig. 10.1b). This oro-
genic plateau is 3.8–4.5 km high, 1800 km long, and 
350–400 km wide (Isacks, 1988). Only the Tibetan 
Plateau (Section 10.4.2) is higher and wider. The Alti-
plano-Puna contains broad, internally drained areas of 
low relief and records little surface erosion. Its history 
of uplift began during the Miocene when plate conver-
gence rates were at their peak (Allmendinger et al., 
1997). An initial stage of uplift coincided with a major 
ignimbrite fl are-up and a period of intense crustal short-
ening that initially occurred in the Eastern and Western 
cordilleras (Allmendinger & Gubbels, 1996) and later 
migrated eastward into the sub-Andean zone and the 
Chaco foreland basin (Section 10.3.2). This shortening 
resulted in very thick, hot continental crust beneath the 
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foreland (Fig. 10.5) correspond to a region of fl at sub-
duction, suggesting a possible causal relationship 
(Jordan et al., 1983; Ramos et al., 2002).

Alternations among the different styles of shorten-
ing along the strike of the orogen have produced a 
geologic segmentation of the Andean foreland. One of 
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plateau (Section 10.2.4). Geodetic data indicate that 
shortening at the leading edge of the orogen now 
occurs at rates of 5–20 mm a−1 (Klotz et al., 1999; Hindle 
et al., 2002).

Between the Western Cordillera (volcanic arc) and 
the Peru–Chile Trench, elevations drop to depths of 
7–8 km below mean sea level over a horizontal distance 
of only 60–75 km. This narrow forearc region suggests 
that part of the central Andean margin has been 
removed, either by strike-slip faulting or subduction 
erosion (von Huene & Scholl, 1991) (Section 9.6). The 
forearc includes two major belts of rock that are sepa-
rated by a central valley fi lled with Cenozoic sediment. 
East of the valley, the Precordillera exposes Precam-
brian basement, Mesozoic sedimentary sequences, and 
Cenozoic intrusive and extrusive rock. The presence of 
this belt, which aligns with the Precambrian Arequipa 
Massif in southern Peru (Fig. 10.1b), indicates that the 
Andean orogen is founded on Precambrian continental 
crust. West of the central valley, the Coastal Cordillera 
is composed of early Mesozoic igneous rock that is a 
testament to the prolonged history of subduction along 
the margin. High-angle faults in the Coastal Cordillera, 
including the Atacama Fault System, record a long, 
complex history of normal, thrust, and strike-slip dis-
placements (Cembrano et al., 2005).

Near 20°S (Fig. 10.1a), where the orogen is >800 km 
wide, the backarc region records 300–350 km of 
Neogene shortening (Allmendinger et al., 1997; McQuar-
rie, 2002). Most of this shortening occurs in the sub-
Andean zone where combinations of thrust faults and 
folds deform sequences of Cenozoic, Mesozoic and 
Paleozoic rock in a foreland fold and thrust belt (see also 
Sections 9.7 and 10.3.4). East of the sub-Andean ranges, 
the 200-km-wide Chaco foreland basin is fi lled with at 
least 5 km of Neogene sediment on top of the Brazilian 
Shield. This basin provides an important record of 
Cenozoic uplift, erosion, and deposition in the central 
Andes (Section 10.3.2).

The Andean foreland records three different styles 
of tectonic shortening (Fig. 10.4): (i) thin-skinned fold 
and thrust belts that are detached within Paleozoic 
sedimentary sequences at depths of 7–10 km (Lamb 
et al., 1997); (ii) thick-skinned fold and thrust belts with 
inferred detachments in Precambrian basement at 10–
20 km depth; and (iii) foreland basement thrusts that 
appear to cut through the entire crust (Kley et al., 1999). 
These different styles owe their origin partly to varia-
tions in the pre-Neogene lithospheric structure, tem-
perature, and stratigraphy (Section 10.3.4). In addition, 
the deep-seated basement thrusts of the Pampeanas 
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the best-studied transitions occurs south of latitude 
24°S. From north to south, a thin-skinned style of 
shortening in the sub-Andean belt (Fig. 10.5b,c) changes 
to a thick-skinned style of shortening in the Sierra de 
Santa Bárbara and northern Sierras Pampeanas (Fig. 
10.5d,e). This change is accompanied by a decrease in 
the amount of shortening. A similar change in shorten-
ing magnitude occurs north of 14°S (Fig. 10.5a), imply-
ing that the present arcuate shape of the Central Andes 
either resulted from or has been accentuated by differ-
ences in the amount of shortening along the strike of 
the orogen (Isacks, 1988). The arcuate shape, or orocline, 
and the gradients in shortening also imply that the 
Central Andes have rotated about a vertical axis during 
the Neogene. GPS data, as well as paleomagnetic and 
geologic indicators, suggest that these rotations are 
counterclockwise in Peru and Bolivia north of the bend 
in the Central Andes, and clockwise to the south of the 
bend (Allmendinger et al., 2005).

Between 40° and 46°S latitude, the age of the 
subducting Nazca plate decreases from ∼25 Ma at 38°S 
to essentially zero at 46°S, where the Chile Ridge is 
currently subducting (Herron et al., 1981; Cande & 
Leslie, 1986). Along this segment, convergence occurs 
at an angle of ∼26° from the orthogonal to the trench 
(Jarrard, 1986). The oblique convergence has driven 
late Cenozoic deformation within a relatively narrow 
(300–400 km) orogen characterized by average eleva-
tions of <1 km (Montgomery et al., 2001). An active 
volcanic arc occurs north of the subducting ridge 
where the forearc is undergoing shortening. Inside 
the arc, dextral strike-slip faults of the 1000-km-long 
Liquiñe–Ofqui fault zone accommodate the trench-
parallel component of relative plate motion (Cembrano 
et al., 2000, 2002) (Section 5.3). In the backarc region, 
shortening is relatively minor (<50 km) and controlled 
by the partial tectonic inversion (Section 10.3.3) of 
an extensional Mesozoic basin (Ramos, 1989; Kley 
et al., 1999). The Southern Andes, thus, is character-
ized by arc volcanism, relatively low relief, and defor-
mation that is focused within a narrow transpressional 
(Section 8.2) orogen.

10.2.4 Deep structure of the 
central Andes

In 1996, geoscientists working on the Andean Conti-
nental Research Project (ANCORP ‘96) completed a 

400-km-long seismic refl ection profi le across the central 
Andes at 21°S latitude (Fig. 10.6). This profi le, together 
with the results of geologic (Allmendinger et al., 1997; 
McQuarrie, 2002) and other geophysical studies 
(Patzwahl et al., 1999; Beck & Zandt, 2002), forms part 
of a >1000-km-long transect between the Pacifi c coast 
and the Brazilian craton (Fig. 10.7). Below the central 
Andean forearc, the seismic refl ection profi le shows 
east-dipping (∼20°) packages of refl ectors that mark the 
top of the subducting Nazca plate (ANCORP Working 
Group, 2003). Above and parallel to the slab are thick, 
highly refl ective zones that indicate the presence of 
trapped fl uids and sheared, hydrated mantle at the top 
of descending slab. Some diffuse seismicity in this 
region is probably related to dehydration embrittlement 
(Section 9.4). Sub-horizontal refl ectors below the 
Coastal Cordillera may represent ancient intrusions that 
were emplaced during Mesozoic arc magmatism.

East of the forearc, converted (compressional-to-
shear) teleseismic waves indicate that crustal thickness 
increases from about 35 km to some 70 km beneath the 
Western Cordillera and Altiplano (Yuan et al., 2000; 
Beck & Zandt, 2002). Crustal thickness also varies along 
the strike of the orogen, reaching a maximum of 75 km 
under the northern Altiplano and a minimum of 50 km 
under the Puna Plateau (Yuan et al., 2000, 2002). The 
lithosphere is 100–150 km thick below the Altiplano 
(Whitman et al., 1996) and several tens of kilometers 
thinner beneath the Puna. Lithospheric thinning 
beneath this latter segment explains the high elevation 
(∼4 km) of the Puna above a relatively shallow Moho. 
The southward transition from thin-skinned to thick-
skinned thrust faulting in this same region (Fig. 10.5) 
suggests that the removal of excess mantle lithosphere 
accommodates the westward underthrusting of the 
Brazilian Shield (McQuarrie et al., 2005).

Across the ANCORP ’96 seismic refl ection profi le 
(Fig. 10.6), a distinct Moho is conspicuously absent. A 
broad transitional zone of weak refl ectivity occurs at its 
expected depth. The cause of this diffuse character of 
the boundary appears to be related to active fl uid-
assisted processes, including the hydration of mantle 
rocks and the emplacement of magma under and into 
the lower crust. Most of the refl ectivity across the 
profi le is linked to petrologic processes involving the 
release, trapping, and/or consumption of fl uids 
(ANCORP Working Group, 2003). These processes 
have produced a seismic refl ection profi le whose char-
acter contrasts with those collected across fossil moun-
tain belts (Figs 10.33b, 10.34b, 11.15b,c) where seismic 
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refl ection profi les can be interpreted only in terms of 
structure and lithologic contrasts.

Within the crust, seismic velocities indicate the pres-
ence of a 15- to 20-km-thick zone of low seismic wave 
speeds at depths of 14–30 km beneath the Western Cor-
dillera and Altiplano-Puna (Yuan et al., 2000, 2002). 
Average crustal Vp/Vs ratios of 1.77 beneath the plateau 
and peak values of 1.80–1.85 beneath the active volcanic 
arc suggest the presence of high crustal temperatures 
and widespread intra-crustal melting. Patches of high 
amplitude refl ections and zones of diffuse refl ectivity at 
some 20–30 km depth beneath the Precordillera and 
Altiplano suggest the presence of fl uids rising through 
deep fault zones (ANCORP Working Group, 2003). 
One of the largest of these patches is the Quebrada 
Blanca Bright Spot (Fig. 10.6). Other low velocity zones 
and bright refl ectors occur at mid-crustal depths beneath 
the Eastern Cordillera and backarc region. The pres-
ence of these features helps to explain differences in 
crustal thickness and in the altitude of the Altiplano and 

Puna. Widespread fl uid transport and partial melting of 
the middle and lower crust during Neogene shortening 
and plateau growth appears to have weakened the crust 
suffi ciently to allow it to fl ow (Gerbault et al., 2005). 
Similar features beneath the Tibetan Plateau (Section 
10.4.5) suggest that orogenic plateaux in general involve 
very weak crust.

East of the Altiplano-Puna, receiver function deter-
minations show a decrease in crustal thickness from 60 
to 74 km beneath the Eastern Cordillera to about 30 km 
beneath the Chaco plain (Yuan et al., 2000; Beck & 
Zandt, 2002). Mantle tomography images indicate that 
zones of low wave speed at 30 km depth extend through 
the lithosphere beneath Los Frailes ignimbrite fi eld (Fig. 
10.7), suggesting that the volcanism is rooted in the 
mantle and that the mantle lithosphere in this region 
has been altered or removed (Myers et al., 1998). East 
of this low velocity zone, high seismic velocities in the 
shallow mantle, high Q (Section 9.4), and a change in 
the fast direction of shear-wave anisotropies suggest the 
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shown. White waves, crustal low-velocity zones. Cross-section shows basement thrust sheets beneath the Eastern 
Cordillera, cover rocks are white. White stars are data recording stations.



OROGENIC BELTS 297

presence of thick, strong, cold lithosphere of the Brazil-
ian Shield (Polet et al., 2000). Bouguer gravity anomalies 
show that lithospheric fl exure (Sections 2.11.4, 10.3.2) 
supports part of the Eastern Cordillera and the sub-
Andean zone (Watts et al., 1995). Relationships between 
surface elevations and crustal thickness (Yuan et al., 
2002) indicate a lithospheric thickness of 130–150 km 
beneath the sub-Andean belt and much thicker mantle 
lithosphere farther east (Fig. 10.7).

10.2.5 Mechanisms of 
noncollisional orogenesis

Orogenesis at ocean–continent convergent margins ini-
tiates where two conditions are met (Dewey & Bird, 
1970): (i) the upper continental plate is thrown into 
compression and (ii) the converging plates are suffi -
ciently coupled to allow compressional stresses to be 
transmitted into the interior of the upper plate.

Studies of subduction zones in general suggest that 
the stress regime in the overriding plate is infl uenced 
by the rate and age of subducting oceanic lithosphere 
(Uyeda & Kanamori, 1979; Jarrard, 1986). High con-
vergence rates and the underthrusting of young, thick, 
and/or buoyant lithosphere tend to induce compres-
sion, decrease slab dips, and enhance the transfer of 
compressional stresses (Section 10.2.2). However, 
although these factors may explain general differences 
between Chilean-type and Mariana-type subduction 
zones (Section 9.6), they do not explain the along-
strike differences in the structure and evolution of the 
Andean orogen (Sections 10.2.3, 10.2.4). The Andean 
example shows that neither fl at subduction nor the 
underthrusting of young and/or buoyant oceanic 
lithosphere control areas of maximum shortening and 
crustal thickening (Yáñez & Cembrano, 2004). From 
the Altiplano region northward and southward, there 
is a decrease in the total amount of crustal shorten-
ing and thickening with no direct correspondence to 
either the slab age (Jordan et al., 1983; McQuarrie, 
2002) or the convergence rate (Jordan et al., 2001). 
These observations indicate that factors other than 
the geometry, rate, and age of subducting lithosphere 
control the response of the upper plate to compres-
sion. Among the most important of these other factors 
are: (i) the strength of inter-plate coupling at the trench 
and (ii) the internal structure and rheology of the 
continental plate.

1 Interplate coupling at the trench. Yáñez & 
Cembrano (2004) used a continuum mechanics 
approach to examine the effects of variable 
amounts of inter-plate coupling at the trench 
on upper plate deformation. These authors 
noted that patterns of seismicity in the Andes 
suggest that fl at subduction controls some areas 
of strong inter-plate coupling (Section 10.2.2). 
However, the largest seismic energy release 
above fl at segments occurs up to several 
hundred kilometers inland from the trench 
(Gutscher et al., 2000). By contrast, seismicity 
at the Peru–Chile Trench is approximately 
equivalent in both fl at and steep slab segments. 
This observation, and the lack of correlation 
between the amount of intra-plate shortening 
and the fl at slab segments, suggests that the 
degree of inter-plate coupling at the trench may 
be equally or more important in controlling 
deformation of the upper plate.

 To test this idea, Yáñez & Cembrano (2004) 
divided the South American plate into two 
tectonic domains that are characterized by 
different force balances: the forearc and the 
backarc-foreland. In the forearc, the age of 
the ocean crust and the convergent velocity 
control the strength of coupling across the 
ocean–continent interface. The strength of 
the coupling regulates the amount of 
deformation. The authors derived an 
empirical relationship between trench 
topography and the degree of coupling 
across the slipping interface using along-
strike variations in the shape of the inner 
trench slope (Fig. 10.8a). This approach is 
based on the work of Wdowinski (1992) who 
suggested that after an equilibration period 
of 5–10 Ma, trench topography refl ects the 
balance between the tectonic and buoyancy 
forces associated with subduction. Buoyancy 
forces associated with continental crust 
dominate the force balance if the strength of 
the plate interface is low, resulting in an 
upward movement of the forearc (Fig. 10.8b). 
Tectonic forces associated with the sinking of 
oceanic lithosphere dominate if the strength 
of the plate interface is high, causing 
downward movement of the forearc. By 
assuming the trench topography is in 
equilibrium with these forces, Yáñez & 
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Cembrano (2004) inferred the strength of the 
interface by fi nding the smallest displacement 
fi eld for different ranges of slip parameters.

 Figure 10.8c summarizes the results of the 
modeling. In the plots, the viscosity of the 
slip interface controls its strength. The slab 
dip, convergence rate, and the age of the 
subducting plate also are shown for 
comparison. The results indicate that the 
strongest inter-plate coupling occurs in the 
central Andes near latitude 21°S (Fig. 10.8a) 
where inner trench slopes are steepest and 
the age of subducted crust is oldest. Weak 
coupling occurs in the southern Andes south 
of 35°S where the age of ocean crust is 
signifi cantly younger and trench slopes are 
gentle. For a constant convergent rate, the 
subduction of young oceanic crust and 
aseismic ridges results in weak coupling 
because the higher temperature of the 
oceanic lithosphere in these zones results in a 
thermal resetting of the ocean–continent 
interface.

 In the backarc-foreland domain, deformation is 
controlled by the absolute velocity of the 
continental plate, its rheology, and the 
strength of inter-plate coupling at the trench 
(Yáñez & Cembrano, 2004). Strong coupling 
results in large amounts of compression in 
the backarc, which increases crustal 
shortening and thickening. Very weak 
coupling prevents backarc shortening. The 
rheology of the continental plate is governed 
by the strength of the mantle lithosphere and 
the temperature at the Moho. By varying the 
strength of coupling at the slip zone and 
incorporating a temperature- and strain rate-
sensitive power-law rheology (Section 2.10.3), 
these authors reproduced several major 
features of the central and southern Andes. 
These include variations in the average 
topographic relief of the Andes, the observed 
shortening rate and crustal thickness in the 
Altiplano region, and block rotations (Section 
10.2.3). The rotations are induced by 
differences in buoyancy forces caused by 
crustal thickness variations and in the 
strength of inter-plate coupling north and 
south of the Altiplano. Variations in the 
strength of inter-plate coupling also may 

explain differences in the degree of 
subduction erosion (Section 9.6) along the 
margin, although alternative models (e.g. 
von Huene et al., 2004) have been proposed.

 In addition to the rate and age of subducting 
lithosphere, another factor that may control 
the strength of inter-plate coupling along the 
Peru–Chile Trench is the amount of surface 
erosion and deposition. Lamb & Davis (2003) 
postulated that the cold water current that 
fl ows along the coast of Chile and Peru 
inhibits water evaporation, resulting in little 
rainfall, small amounts of erosion, and 
minimal sediment transport into the trench. 
A dry, sediment-starved trench may result in 
a high degree of friction along the Nazca–
South American plate interface, increasing 
shear stress, and leading to increased 
compression and uplift in the central Andes. 
By contrast, in the southern Andes where the 
fl ow of westerly winds, abundant rainfall, 
and the effects of glaciation result in high 
erosion rates, the Peru–Chile Trench is fi lled 
with sediment. The presence of large 
quantities of weak sediment in this region 
may reduce friction along the plate interface, 
effectively reducing the amount of shear 
stress and resulting in less topographic uplift 
and less intra-plate deformation.

2 The structure and rheology of the continental plate. 
Variations in the initial structure and rheology 
of the continental plate also can explain several 
fi rst-order differences in the evolution of the 
central and southern Andes. Among these 
differences are the underthrusting of the 
Brazilian Shield beneath the Altiplano-Puna and 
major lithospheric thinning in the central 
Andes, and the absence of these features in the 
southern Andes.

 Sobolev & Babeyko (2005) conducted a series 
of two-dimensional thermomechanical 
models (Fig. 10.9) that simulated deformation 
in the central and southern Andes using two 
different initial structures. The central Andes 
involve a thick felsic upper crust, a thin 
gabbroic lower crust, and a total thickness of 
40–45 km. This confi guration presumes that 
the crust already had been shortened prior to 
the start of deformation at 30–35 Ma 
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(Allmendinger et al., 1997; McQuarrie et al., 
2005). The southern Andes consist of an 
upper and lower crust of equal thickness and 
a total crustal thickness of 35–40 km. In all 
models, subduction initially occurs at a low-
angle below a 100- to 130-km-thick 
continental lithosphere (Fig. 10.9a) and is free 
to move as subduction proceeds. The upper 
plate is pushed to the left (V1), simulating the 
western drift of South American plate 
(Somoza, 1998). The slab is pulled from 
below at velocities (V2) that conform to 
observations. A thin subduction channel 
simulates the plate interface where a 
frictional (brittle) rheology controls 
deformation at shallow depths and viscous 
fl ow occurs at deep levels. The depth of this 
change in rheology and the strength of the 
slip zone are regulated using a frictional 
coeffi cient.

 The numerical experiment that best replicated 
the structure of the central Andes is shown 
in Fig. 10.9. In this model 58% of the 
westward drift of South America over a 
35 Myr period is accommodated by roll-back 
(Section 9.10) of the Nazca plate at the 
trench, with the rest accommodated by intra-
plate shortening (37%) and subduction 
erosion (5%). During shortening the crustal 
thickness doubles while the lower crust and 
mantle lithosphere become thinner by 
delamination (Fig. 10.9b). The delamination 
is driven by the transformation from gabbro 
to eclogite in the lower crust, which 
increases its density and allows it to peel off 
and sink into the mantle. Another possible 
mechanism for reducing lithospheric 
thickness is tectonic erosion driven by 
convective fl ow in the mantle (Babeyko et al., 
2002). These processes lead to an increase in 
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temperature at the Moho, which weakens 
the crust and allows its lower part to fl ow.

 After 20–25 Myr in model time, tectonic 
shortening generates high topography 
between the magmatic arc and the Brazilian 
Shield (Fig. 10.10a). The large topographic 
gradients initiate fl ow in a weak middle and 
lower crust that evens out crustal thickness 
and the surface topography, forming a 4-km-
high orogenic plateau after 30–35 Myr. The 
model also predicts mechanical failure of the 
wedge of Paleozoic sediments by thin-
skinned thrust faulting in the foreland 
(Section 10.3.4) at 25 Myr model time, 
followed by underthrusting of the Brazilian 
Shield under the plateau (Fig. 10.9c). The 

failure of the foreland sediments marks a 
change in the mode of shortening from pure 
shear to simple shear deformation (e.g. 
Section 10.3.4, Fig. 10.12). Shortening reaches 
300–350 km by 30–35 Myr, as indicated by the 
curve of fi lled circles in Fig. 10.10b.

 These and other models allow the dominant 
process controlling tectonic shortening in the 
Andes to be the accelerating westward drift 
of the South American plate. However, to 
explain the major tectonic features of the 
central Andes high convergent velocities and 
strong inter-plate coupling must be 
accompanied by an initially thick, weak 
continental crust (Sobolev & Babeyko, 2005; 
McQuarrie et al., 2005). Geologic evidence 
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suggests that these conditions probably were 
only achieved in the central Andes, possibly 
as a consequence of high convergent rates, 
fl at subduction, and/or the underthrusting 
of thick, buoyant oceanic crust. In 
addition, the mechanical failure of thick 
piles of sedimentary rock, continental 
underthrusting, and lithospheric thinning 
internally weaken the continental plate and 
infl uence its behavior as orogenesis proceeds.

10.3 COMPRESSIONAL 
SEDIMENTARY BASINS

10.3.1 Introduction

Sedimentary basins that either form or evolve in 
response to regional compression are common in oro-
genic belts. Among the most recurrent types are foreland 
basins (Section 10.3.2), which form as a direct result of 
the crustal thickening and topographic uplift that 
accompany orogenesis, and basins that initially form 
during a period of extension or transtension and later 
evolve during a period of subsequent compression. This 
latter process, called basin inversion (Section 10.3.3), also 
occurs in association with strike-slip faulting (Fig. 8.10) 
and is the mechanism by which old passive margin 
sequences deform during continental collision (Section 
10.4.6). Any sedimentary basin in compression may 
develop a fold and thrust belt (Section 10.3.4) whose 
characteristics refl ect the strength of the continental 
lithosphere and the effects of pre-existing stratigraphic 
and structural heterogeneities.

10.3.2 Foreland basins

In addition to topographic uplift, orogenesis commonly 
results in a region of subsidence called a foreland basin 
or foredeep (Dickinson, 1974). The foreland lies at the 
external edge of the orogen toward the undeformed 
continental interior (e.g. Fig. 10.7). If a volcanic arc 
is present, it coincides with the backarc region of the 
margin. Its counterpart, the hinterland, corresponds to 

the internal zone of the orogen where the mountains 
are highest and rocks the most intensely deformed.

Foreland basins form where crustal thickening and 
topographic uplift create a mass of crust that is large 
enough to cause fl exure (Section 2.11.4) of the conti-
nental craton. This fl exure creates a depression that 
extends much farther into the surrounding craton than 
the margin of the thickened crust. It is bounded on one 
side by the advancing thrust front and on the other by 
a small fl exural uplift called a forebulge (e.g. Fig. 10.18). 
The basin collects sedimentary material (molasse) that 
pours off the uplifting mountains as they experience 
erosion and as thrust sheets transport material onto the 
craton. Its stratigraphy provides an important record of 
the timing, paleogeography, and progressive evolution 
of orogenic events.

The shape of a foreland basin is controlled by the 
strength and rheology of the lithosphere. A low fl exural 
rigidity, which characterizes young, hot and weak litho-
sphere, results in a narrow, deep basin. A high fl exural 
rigidity, which characterizes old, cool and strong litho-
sphere, produces a wide basin with a better-developed 
forebulge (Flemings & Jordan, 1990; Jordan & Watts, 
2005). Variations in the strength and temperature of the 
lithosphere can thus cause the character of the foreland 
basin to change along the strike of the orogen. Other 
factors such as inherited stratigraphic and structural 
inhomogeneities also infl uence basin geometry. In the 
Andes, an along-strike segmentation of the foreland 
partly coincides with variations in these properties and 
with the segmented geometry of the subducted Nazca 
plate (Section 10.2.3).

As a result of lithospheric fl exure, the sediment thick-
ness in a foreland basin decreases away from the moun-
tain front to a feather edge on the forebulge (Flemings 
& Jordan, 1990; Gómez et al., 2005). Close to the moun-
tain range the sediments are coarse grained and depos-
ited in a shallow water or continental environment; at 
the feather edge they are fi ne grained and often turbid-
itic. The sediments thus form a characteristic wedge-
shaped sequence in profi le whose stratigraphy refl ects 
the subsidence history of the basin as it grows and 
migrates outwards during convergence. The stratigra-
phy is thus characterized by units that thin laterally, over-
step older members, or may be truncated by erosion.

Belts of deformed sedimentary rock in which the 
layers are folded and duplicated by thrust faults are 
common in foreland basins. Like their counterparts in 
accretionary prisms (Section 9.7, Fig. 9.20) and in zones 
of transpression (Section 8.2, Fig. 8.8b), foreland fold and 
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thrust belts form as the crust is shortened in a regime of 
compression (Fig. 10.5). During shortening, small sedi-
mentary basins called piggyback basins may form on the 
top of moving thrust sheets.

10.3.3 Basin inversion

Many sedimentary basins record a reversal in the sense 
of motion on dip-slip faults at different stages in their 
evolution. This reversal is known as inversion. At present 
there is no universal defi nition of the process. However, 
the most common type refers to the compressional 
reactivation of pre-existing normal faults in sedimen-
tary basins and passive margins that originally formed 
by extension or transtension (Turner & Williams, 2004). 
Fault reactivation changes the architecture of the basin 
and commonly results in the uplift of previously sub-
sided areas and the exhumation of formerly buried 
rocks. Evidence for this type of inversion occurs at a 
wide range of scales in many different settings, includ-
ing in collisional and noncollisional orogens and in 
regions of strike-slip faulting. At convergent margins 
the tectonic inversion of extensional backarc and intra-
arc basins is an especially important process that accom-
modates crustal shortening, localizes contractional 
deformation, and results in an along-strike segmenta-
tion of the margin.

In many basins, a common criterion for recognizing 
fault-controlled inversion is the identifi cation of the null 
point in vertical profi les or the null line in three dimen-
sions. Figure 10.11 shows a cross-section illustrating the 
geometry of an inverted half graben in Indonesia (Turner 
& Williams, 2004). The profi le shows a reactivated fault 
along which the net displacement changes from normal 
at its base to reverse near its top. The null point occurs 
where the net displacement along the fault is zero and 
divides the area displaying reverse displacement from 
that displaying normal displacement. As the magnitude 
of the inversion increases, the null point will migrate 
along the fault. The uplift and folding of synrift and 
postrift sediments also indicate that inversion has occurred 
by the compressional reactivation of a normal fault.

Basin inversion is caused by a variety of mechanisms. 
Continent–continent or arc–continent collision can 
result in compression, uplift, and fault reactivation. 
Changes in the rate and dip of subduction (Section 
10.2.2, Fig. 9.18) also may cause basin inversion at 
ocean–continent convergent margins. In regions of 
strike-slip faulting, rapid reversals in the sense of motion 
on faults commonly occur between releasing bends and 
restraining bends (Section 8.2, Fig. 8.9). Isostatic, fl ex-
ural, and thermal mechanisms also have been proposed 
to explain the uplift associated with basin inversion. 
However, many authors view these latter mechanisms 
as subordinate to external horizontal stresses that drive 
the compressional reactivation of faults.
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10.3.4 Modes of shortening in 
foreland fold-thrust belts

A common characteristic of fold and thrust belts is the 
presence of one or more décollement (or detachment) 
surfaces that underlie shortened sequences of sedimen-
tary and volcanic rock (Section 9.7). The geometry of 
these surfaces tends to conform to the shape of the 
sedimentary and volcanic sections in which they form. 
In most foreland basins sedimentary sequences thin 
toward the foreland, resulting in décollements that dip 
toward the hinterland (Figs 10.5b, 10.7). In thin-skinned 
thrust belts (Section 10.2.4, Fig. 10.5b), the lowermost, 
or basal, décollement separates a laterally displaced 
sedimentary cover from an underlying basement that is 
still in its original position. In thick-skinned styles (Fig. 
10.5d), the décollement surface cuts down through and 
involves the crystalline basement.

The development of thin- or thick-skinned styles of 
shortening commonly is controlled by the presence of 
inherited stratigraphic and structural heterogeneities in 
the crust. In the central Andean foreland, for example 
(Section 10.2.3), variations in the thickness and distribu-
tion of sedimentary sequences have been linked to dif-
ferent modes of Neogene shortening (Kley et al., 1999). 
Thin-skinned styles preferentially occur in regions that 
have accumulated >3 km of sediment, where the low 
mechanical strength of the sequences localizes defor-
mation above crystalline basement (Allmendinger & 
Gubbels, 1996). Thick-skinned styles tend to occur in 
regions where Mesozoic extensional basins have 
inverted (Sections 9.10, 10.3.3). As these latter basins 
experience the shift from extension to contraction, old 
normal faults involving basement rock reactivate 
(Turner & Williams, 2004; Saintot et al., 2003; Mora 
et al., 2006).

In many fold and thrust belts, and especially in thick-
skinned varieties, shortening results in some faults that 
dip in a direction opposite to that of the basal décolle-
ment, creating a doubly vergent thrust wedge composed of 
forward-breaking and back-breaking thrusts. These 
doubly vergent wedges may occur at any scale, ranging 
from relatively small basement massifs (Fig. 10.5d) to 
the scale of an entire collisional orogen (Fig. 8.23b,d). 
Their bivergent geometry refl ects a condition where the 
material on the upper part of an advancing thrust sheet 
or plate encounters resistance to continued forward 
motion (Erickson et al., 2001; Ellis et al., 2004). The 
resistance may originate from friction along the décol-

lement surface as the wedge thickens or as material 
moves over a thrust ramp (Section 9.7). It also may 
result where an advancing thrust sheet encounters a 
buttress made of a strong material, such as the volcanic 
arc in an accretionary prism (Section 9.7) or the bound-
ary between a rigid plate and a weaker plate (Section 
8.6.3). Buttresses also may result from a change in lithol-
ogy across an old normal or thrust fault, from a thicken-
ing sequence of sedimentary rock, or from any other 
mechanism.

The lateral (across-strike) growth of thrust wedges 
(Section 9.7) and the involvement of deep levels in the 
deformation are controlled by the temperature and 
relative strengths of the shallow and deep crust. If the 
upper crust is strong and the deep crust relatively hot 
and weak, then shortening may localize into narrow 
zones and thick-skinned styles of deformation result 
(Ellis et al., 2004; Babeyko & Sobolev, 2005). A weak 
middle and lower crust promotes ductile fl ow and 
inhibits the lateral growth of the thrust wedge. Deep 
crustal fl ow also tends to result in low critical tapers 
(Section 9.7) and a symmetric crustal structure that 
includes both forward- and back-breaking thrusts. 
During basin inversion, more normal faults tend to 
reactivate if the middle or lower crust is weak relative 
to the upper crust (Nemčok et al., 2005; Panien et al., 
2005). By contrast, if the upper crust is weak and the 
deep crust is cool and strong, then shortening leads to 
a mechanical failure of upper crustal sequences and the 
orogen grows laterally by thin-skinned deformation. In 
scenarios involving a strong lower crust, thrust wedges 
tend to show high tapers, asymmetric styles (mostly 
forward-breaking thrusts), and rapid lateral growth.

A combination of these effects may explain why con-
tractional deformation led to the rapid lateral growth 
of a foreland fold and thrust belt in the Central Andes 
and not in the Southern Andes (Section 10.2.3). All-
mendinger & Gubbels (1996) recognized that deforma-
tion in these two regions involved two distinctive modes 
of shortening. In an older pure shear mode of shorten-
ing, deformation of the upper and lower crust occurred 
simultaneously in the same vertical column of rock. 
North of 23°S, this type of deformation was focused 
within the Altiplano. Later, during the Late Miocene the 
deformation migrated eastward, forming a thin-skinned 
foreland fold and thrust belt in the sub-Andean ranges 
while the middle and lower crust of the Altiplano con-
tinued to deform. This latter mode of shortening, 
where deformation in the upper crust and the deep 
crust are separated laterally, is known as simple shear. 
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The underthrusting of the Brazilian Shield beneath the 
Altiplano most likely drove the simple shear (Section 
10.2.5). South of 23°S the pure shear mode of shorten-
ing lasted longer and was replaced by a thick-skinned 
thrust belt involving a mix of both pure and simple 
shear.

These differences in the style and mode of shorten-
ing along the strike of the Andes appear to be related 
to variations in the strength and temperature of the 
foreland lithosphere. Allmendinger & Gubbels (1996) 
postulated that the shallower basement and lack of a 
thick sedimentary cover in the Sierra Santa Bárbara 
ranges, south of latitude 23°S, precluded thin-skinned 
deformation and allowed deformation to remain in the 
thermally softened crust of the Puna for a long period 
of time. In addition, the mantle lithosphere beneath the 
Puna is signifi cantly thinner than beneath the Altiplano, 
suggesting that the crust in the former is hotter and 
weaker.

To test this idea, Babeyko & Sobolev (2005) con-
ducted a series of thermomechanical experiments 
where the cold, rigid lithosphere of the Brazilian Shield 

indented into the warm, soft lithosphere of the adjacent 
Altiplano-Puna. Figure 10.12a shows the model setup, 
which includes a thick plateau crust on the left and a 
three-layer crust on the right above mantle lithosphere. 
The three layer crust includes an 8-km-thick layer of 
Paleozoic sediments. The mechanical strength of this 
layer and the temperature of the foreland are the two 
main variables in the model. A Mohr–Coulomb elasto-
plastic rheology simulates brittle deformation and a 
temperature- and strain rate-dependent viscoelastic rhe-
ology simulates ductile deformation. The whole system 
is driven by a constant shortening rate of 10 mm a−1 
applied to the right side of the model.

After 50 km of shortening, the models show distinc-
tive modes of shortening. In the case where the Paleo-
zoic sediments are strong (or absent) and lie on top of 
a cold strong Brazilian Shield (Fig. 10.12b), the crust and 
mantle deform together homogeneously in pure shear 
mode (Fig. 10.12d). No deformation occurs in the 
indenting foreland where cold temperatures inhibit 
lateral growth of a thrust wedge. In the case where the 
Paleozoic sediments are weak and the foreland cold and 
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strong (Fig. 10.12e), the foreland displays a simple shear 
thin-skinned mode of deformation. Underthrusting of 
the shield is accompanied by the eastward propagation 
of the thin-skinned thrust belt above a shallow décolle-
ment at 8–14 km depth and drives deformation in the 
lower crust beneath the plateau. This style conforms 
well to observations east of the Altiplano and north of 
23°S. It also simulates the conditions of the Himalayan 
fold-thrust belt south of the Tibetan Plateau (Section 
10.4.4). In the case where the Paleozoic sediments are 
weak and the foreland warm and weak (Fig. 10.12c), 
deformation in the foreland is thick-skinned with a deep 
décollement at ∼25 km depth (Fig. 10.12f). This latter 
style conforms well to observations east of the Puna 
and south of 23°S and results because the foreland is 
weak enough to deform by buckling.

These observations and experiments illustrate that 
variations in lithospheric strength and rheology play an 
important role in controlling the tectonic evolution of 
compressional basins and fold-thrust belts. These effects 
are prominent at scales ranging from individual thrust 
sheets to the entire lithosphere.

10.4 CONTINENT–
CONTINENT 
COLLISION

10.4.1 Introduction

Collisional mountain ranges form some of the most 
spectacular and dominant features on the surface of the 
Earth. Examples include the Himalayan–Tibetan 
orogen, the Appalachians, the Caledonides, the Euro-
pean Alps, the Urals (Section 11.5.5), the Southern Alps 
of New Zealand (Sections 8.3.3, 8.6.3), and many of the 
Proterozoic orogens (e.g. Section 11.4.3). The anatomy 
of these belts is highly diverse, in part due to differences 
in the size, shape, and mechanical strength of the col-
liding plates, and the effects of different precollisional 
tectonic histories. In addition, continental collision can 
range from being highly oblique, such as occurs on the 
South Island of New Zealand, to nearly orthogonal. 
These differences greatly infl uence the mechanisms of 
collisional orogenesis (Section 10.4.6).

The Himalayan–Tibetan orogen (Fig. 10.13) is one 
of the best places to study a large-scale continent–
continent collision that followed the closure of a major 
ocean basin and formed an orogenic plateau. The active 
tectonics, diverse structure, and relatively well-known 
plate boundary history of this belt allow many tectonic 
relationships to be measured directly and provide 
important constraints on the driving mechanisms of 
deformation and the manner in which deformation is 
accommodated (Yin & Harrison, 2000). In addition, 
the immense size and high elevations of this orogen 
illustrate how mountain building and global climate 
are interrelated. These interactions form important 
elements of orogenesis in most, if not all, tectonic 
settings.

This section provides a discussion of four main 
aspects of the Himalayan–Tibetan orogen: (i) the rela-
tive motion of Indian and Eurasia and their tectonic 
history prior to collision; (ii) the nature of post-colli-
sional convergent deformation as revealed by seismicity 
and geodetic data; (iii) the geologic history of the Hima-
laya and the Tibetan Plateau; and (iv) the deep structure 
of the orogen. Section 10.4.6 provides a discussion of 
the main factors controlling the mechanical evolution 
of the orogen.

10.4.2 Relative plate motions 
and collisional history

The Himalayan–Tibetan orogen was created mainly by 
the collision between India and Eurasia over the past 
70–50 Myr (Yin & Harrison, 2000). The orogen is part 
of the greater Himalayan–Alpine system, which extends 
from the Mediterranean Sea in the west to the Sumatra 
arc of Indonesia in the east over a distance of >7000 km. 
This composite belt has evolved since the Paleozoic as 
the Tethyan oceans (e.g. Fig. 11.27) closed between two 
great converging landmasses: Laurasia in the north and 
Gondwana in the south (S

S
engör & Natal’in, 1996). 

Tethys may have been only a few hundred kilometers 
wide in the west but opened to the east to form an 
ocean that was at least several thousands of kilometers 
wide.

The India–Eurasia collision was brought about by 
the rifting of India from Africa and East Antarctica 
during the Mesozoic (Section 11.5.5) and by its migra-
tion northward as the intervening oceanic lithosphere 
was subducted beneath the Eurasian Plate. Magnetic 



OROGENIC BELTS 307

anomalies in the Indian Ocean and paleomagnetic 
measurements from the Ninety-East Ridge and the 
Indian subcontinent record the northerly drift of the 
Indian plate and allow the reconstruction of its paleo-
latitude (Fig. 10.14). The data show a rapid decrease 
in the relative velocity between the Indian and Eurasian 
plates at 55–50 Ma. This time interval commonly is 
interpreted to indicate the beginning of the India–
Eurasia collision. However, it is uncertain whether the 
decrease resulted from an increase in the resistance to 
continued motion of the India plate as it collided with 
Eurasia or if it simply refl ects a sudden decrease in 
spreading rate along the mid-oceanic ridge south of 
India. This latter possibility allows the age of the initial 
contact between India and Eurasia to be older than 
55–50 Ma.

Stratigraphic and sedimentological data provide 
additional information on the age and progressive evo-

lution of the India–Eurasia collision. Gaetani & Gar-
zanti (1991) showed that marine sedimentation stopped 
and terrestrial deposition along the southern margin of 
Asia commenced at 55–50 Ma, which is in accord with 
interpretations of the age of the initial collision derived 
from magnetic anomalies. However, this observation in 
fact only constrains the youngest possible age of the 
onset of the collision because as much as 500–1000 km 
of the Indian passive continental margin has been 
underthrust beneath Asia, potentially eliminating the 
early record of the collision (Yin & Harrison, 2000). 
Beck et al. (1995) showed that trench and forearc mate-
rial along the southern margin of the Eurasian plate 
near Pakistan was thrust onto the northern edge of 
India after 66 Ma and before 55 Ma. Willems et al. (1996) 
found changes in sedimentary facies and depositional 
patterns in south-central Tibet that suggest initial 
contact between some parts of India and Asia could 
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ity of India’s northward drift from over 100 mm a−1 to 
about 50 mm a−1 or less. This latter time may mark the 
fi nal stage of true continent–continent collision (Yin & 
Harrison, 2000).

Geologic observations in Tibet and China add 
important details to the sequence of events leading up 
to the India–Eurasia collision. The geology indicates 
that the main collision between India and Eurasia was 
preceded by the collision of several microcontinents, 
fl ysch complexes, and island arcs during Paleozoic and 
Mesozoic time. The collision and accretion of these 
terranes is marked by a series of suture zones (Fig. 
10.13), some of which preserve ophiolites and blocks of 
high-pressure metamorphic rocks (Section 9.9). Some 
of these sutures expose relics of ultra-high-pressure 
(UHP) minerals such as coesite and microdiamond, 
commonly as inclusions in unreactive phases of zircon 
and garnet. The presence of these minerals, and the 
high pressures (2.5–4.0 GPa) under which they form, 
can refl ect situations where a section of continental 
crust enters the subduction zone and descends to depths 
of 60–140 km before decoupling from the downgoing 
plate (Ernst, 2003; Harley, 2004). The mechanisms by 
which UHP and other high pressure metamorphic 
rocks are exhumed to the surface may involve contrac-
tional, extensional and/or strike-slip deformation 
accompanying the evolution of the plate boundary 
zone. Hacker et al. (2004) describe processes associated 
with the exhumation of UHP terranes in South 
China.

The Songpan–Ganzi terrane exposes thick Triassic 
fl ysch sequences that rest on top of Paleozoic marine 
sediments belonging to the passive margin of North 
China. These sequences were deposited, uplifted, and 
deformed during the Triassic collision between the 
North and South China blocks, forming the Ayimaqin–
Kunlun–Mutztagh suture (Yin & Harrison, 2000). By 
the end of the Triassic (Fig. 10.15a), the Lhasa and 
Qiangtang terranes had rifted from Gondwana and 
began their journey toward Eurasia (Fig. 10.15b). The 
Qiangtang terrane collided with the Songpan–Ganzi by 
140 Ma, forming the Jinsha suture. Continued conver-
gence brought the Lhasa terrane into juxtaposition with 
Qiangtang and eventually welded the two fragments 
together, forming the Bangong–Nujiang suture. The 
formation of a new subduction zone beneath Lhasa 
(Fig. 10.15c) created an Andean-type orogen (Fig. 
10.15d) and eventually resulted in the collision between 
India and Eurasia (Fig. 10.16e), forming the Indus–
Zangbo suture. Continued convergence (Fig. 10.15f) 
resulted in intra-plate shortening and uplift, and is asso-
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Figure 10.14 Northward drift of India with respect to 
Asia from 71 Ma to the present, determined from 
magnetic lineations in the Indian and Atlantic oceans 
(redrawn from Molnar & Tapponnier, 1975, Science 189, 
419–26, with permission from the AAAS).

have occurred as early as 70 Ma. These relationships 
suggest that the initial collision may have begun as early 
as the Late Cretaceous. In general, most authors agree 
that all Tethyan oceanic lithosphere had disappeared by 
45 Ma, and at ∼36 Ma there was a decrease in the veloc-
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ciated with a new plate boundary that is beginning to 
form in the Indian Ocean (Van Orman et al., 1995). The 
Indus–Zangbo suture now forms the southern bound-
ary of the Tibetan Plateau (Fig. 10.13), which lies more 
than 5000 m above mean sea level and covers an area of 
more than a million square kilometers.

This history shows that the Himalayan–Tibetan 
orogen is built upon a collage of exotic material that 
became welded to the Eurasian Plate before the main 
India–Eurasia collision (S

S
engör & Natal’in, 1996; Yin & 

Harrison, 2000). This type of sequential amalgamation 
of microcontinents and other material during pro-
longed subduction is characteristic of accretionary 

orogens (Section 10.6.2) and represents one of the most 
effi cient mechanisms of forming supercontinents 
(Section 11.5). This history also resulted in a hot, weak 
Eurasia continental plate prior to its collision with India.

10.4.3 Surface velocity fi elds 
and seismicity

Since about 50 Ma, continued convergence between 
India and Eurasia at a slowed rate has caused India to 
penetrate some 2000 km into Asia (Dewey et al., 1989; 
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Johnson, 2002). This motion created a zone of active 
deformation that stretches ∼3000 km north of the 
Himalayan mountain chain (Fig. 10.13). Global Posi-
tioning System (GPS) measurements show that India is 
moving to the northeast at a rate of some 35–38 mm a−1 
relative to Siberia (Larson et al., 1999; Chen et al., 2000; 
Shen et al., 2000; Wang et al., 2001). This rate is consid-
erably slower than the long-term rates of 45–50 mm a−1 
estimated from global plate motion models (DeMets 
et al., 1994), which is typical of the short-term inter-
seismic strain rates measured using geodetic data (e.g. 
Section 8.5).

The geodetic data suggest that deformation within 
the Tibetan Plateau and its margins absorbs more than 
90% of the relative motion between the India and 
Eurasia plates, with most centered on a 50-km-wide 
region of southern Tibet (Wang et al., 2001). Internal 
shortening of the plateau accounts for more than one-
third of the total convergence. An additional compo-
nent of shortening is accommodated north of the 
Tibetan Plateau in Pamir, Tien Shan, Qilian Shan, and 
elsewhere, although the rates are not well known in 
these areas.

South of the Kunlun Fault (Fig. 10.13), the surface 
velocity fi eld shows that the Tibetan Plateau is extrud-
ing eastward relative to both India and Asia (Fig. 10.16). 
This motion, where slices of crust move laterally out of 
the way of colliding plates by slip on strike-slip faults, 
is termed lateral escape. The movement also involves the 
rotation of material around a curved belt in Myanmar 
called the eastern Himalayan syntaxis. The term syn-
taxis refers to the abrupt changes in trend that occur on 
either side of the Himalaya in Myanmar and Pakistan 
where mountain ranges strike at nearly right angles to 
the trend of the Himalaya. East of the plateau, North 
China and South China are moving to the east-south-
east at rates of 2–8 mm a−1 and 6–11 mm a−1 relative to 
stable Eurasia, respectively.

A GPS velocity profi le across the Tibetan Plateau 
(Fig. 10.16a) is mostly linear parallel to the predicted 
direction of the India–Eurasia collision (N21°E), except 
for a high gradient across the Himalaya at the southern 
end of the plateau (Wang et al., 2001). This mostly linear 
trend suggests that the shortening across the plateau is 
broadly distributed; otherwise signifi cant deviations 
across individual fault zones would be expected. 
However, this generally continuous style of deforma-
tion appears to be restricted mostly to the plateau itself. 
Rigid block-like motion appears to characterize regions 
to the north and northeast of the plateau, including the 

Tarim Basin and the North and South China blocks. 
These observations, and geologic data, suggest that the 
northward growth of the orogen was not a smooth, 
continuous process, but occurred in an irregular series 
of steps. In a direction orthogonal (N111°E) to the con-
vergence direction, horizontal motion increases steadily 
northward from the Himalaya across the Tibetan 
Plateau (Fig. 10.16b), refl ecting the eastward motion of 
the latter with respect to both India and Eurasia. At its 
northern margin velocities decrease rapidly as a result 
of left-lateral strike-slip motion on the Kunlun and 
other faults (Wang et al., 2001). The Longmen Shan 
(Fig. 10.13) moves eastward with the South China block 
(Burchfi el, 2004).

Earthquake focal mechanism solutions, compiled 
for the period 1976–2000 by Liu & Yang (2003), reveal 
the style of active faulting in the Himalayan–Tibetan 
orogen (Fig. 10.17). Zones of concentrated thrust fault-
ing occur along both the northern, southern, and 
eastern margins of the Tibetan Plateau. Within the 
Himalaya, thrust faulting is prevalent. South of the 
Himalaya (Fig. 10.18), intra-plate earthquakes and other 
geophysical evidence indicate that the Indian plate 
fl exes and slides beneath the Himalaya, where it lurches 
northward during large earthquakes (Bilham et al., 
2001). The overall pattern of the deformation is similar 
to that which occurs at ocean–continent convergence 
zones where an oceanic plate fl exes downward into a 
subduction zone. North of the Himalaya, normal fault-
ing and east–west extension dominate southern and 
central Tibet. Strike-slip faulting dominates a region 
some 1500 km wide north of the Himalaya and extend-
ing eastward into Indo-China. Farthest from the moun-
tain chain is a region of crustal extension and normal 
faulting extending from the Baikal Rift of Siberia to the 
northern China Sea. Active strike-slip faulting also 
occurs in the western Himalayan syntaxis and eastern 
Himalayan syntaxis in Pakistan and in Myanmar, respec-
tively. South of the syntaxis in Pakistan, movement 
along north-striking faults is dominantly sinistral; south 
of the one in Myanmar it is mostly dextral. These oppo-
site senses of motion on either side of India are compat-
ible with the northward penetration of India into 
southern Asia.

These observations indicate that convergence 
between India and Eurasia is accommodated by combi-
nations of shortening, east–west extension, strike-slip 
faulting, lateral escape, and clockwise rotations. In addi-
tion, uplift of the high elevations of the Tibetan Plateau 
by Miocene time (Blisniuk et al., 2001; Kirby et al., 2002) 
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indicates that signifi cant vertical uplift occurred after 
India collided with Asia. Currently, the Himalaya are 
uplifting rapidly at rates between 0.5 and 4 mm a−1 and 
experience very high rates of erosion along their south-
ern fl ank (Hodges et al., 2001).

10.4.4 General geology of the 
Himalaya and Tibetan Plateau

The Himalaya are composed of three large, imbricated 
thrust slices and related folds separated by four major 
fault systems (Figs 10.19, 10.20). These imbricated 
thrusts, which occupy a section about 250–350 km wide, 
appear to accommodate approximately one-third to 
one-half of the ∼2000 or more kilometers of post-col-
lisional shortening between India and Eurasia (Besse & 
Courtillot, 1988; DeCelles et al., 1998). At the base of 
the stack the mostly buried Main Frontal Thrust lies 
along the topographic front of the mountain range 
(Wesnousky et al. 1999). This fault is the youngest and 
most active fault in the mountain range and carries rock 
of the Himalaya southward into a fl exural foredeep 
(Section 10.3.2) called the Ganga foreland basin. The 
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Figure 10.17 Earthquake focal mechanism solutions showing the predominant east–west crustal extension in the 
Tibetan Plateau (image provided by Y. Yang and M. Liu and modifi ed from Liu & Yang, 2003, by permission of the 
American Geophysical Union. Copyright © 2003 American Geophysical Union). Data are events with magnitude >5.5 
and depth <33 km from the Harvard catalogue (1976–2000).

Ganga basin contains over 5 km of Miocene–Pliocene 
terrigenous sedimentary sequences overlain by late 
Pleistocene alluvium (DeCelles et al., 2001). The north-
ern part of this basin, which forms the Himalayan foot-
hills, defi nes a 10- to 25-km-wide physiographic province 
commonly referred to as the Sub-Himalaya.

Above and to the north of the Main Frontal Thrust 
is the Main Boundary Thrust (Fig. 10.19). This latter 
fault system dips gently to the north and appears to 
have been active mostly during the Pleistocene, although 
slip on it may have initiated during the Late Miocene–
Pliocene (Hodges, 2000). The fault carries Precam-
brian–Mesozoic low-grade schist and unmetamorphosed 
sedimentary rock of the Lesser (or Lower) Himalaya 
southward over the Sub-Himalaya. The Lesser Hima-
laya form a zone at elevations between about 1500 and 
3000 m. Above the Lesser Himalaya, high-grade gneisses 
and granitic rocks of the Greater (or Higher) Himalaya 
are carried southward along the Main Central Thrust 
(DeCelles et al., 2001). This latter thrust accommodated 
signifi cant shortening during the Early Miocene and 
Pliocene, and appears inactive in most places today 
(Hodges, 2000).

The Greater Himalaya, which reach altitudes of 
over 8000 m, consist of Precambrian gneiss overlain by 
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Paleozoic and Mesozoic sedimentary rock of Tethyan 
origin. These rocks have been thrust southward for a 
distance exceeding 100 km. The unit includes migmatite 
and amphibolite grade metamorphic rocks intruded by 
light-colored granitic bodies of Miocene age called leu-
cogranite (Hodges et al., 1996; Searle et al., 1999). The 
migmatite and leucogranite have originated by the 
partial melting of the lower crust beneath Tibet (Le 
Fort et al., 1987) and are absent north of the Greater 
Himalaya.

The progressive decrease in the age of thrusting 
from north to south within the Himalaya defi nes a fore-

land-propagating fold-thrust system. At depth, each of 
three main thrusts of the system merges downward 
into a common décollement called the Main Himalayan 
Thrust (Fig. 10.20). Seismic refl ection and velocity pro-
fi les (Zho et al., 1991; Nelson et al., 1996) show that the 
décollement continues beneath the Greater Himalaya 
where it disappears beneath southern Tibet amid a zone 
of weak refl ectivity thought to represent a zone of par-
tially molten rock (Section 10.4.5).

Bounding the top of the thrust stack at the surface 
is a system of normal faults that form the South Tibetan 
Detachment System (Burchfi el et al., 1992). The basal 
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detachment dips gently-moderately to the north and 
separates the high-grade gneisses of the Greater Hima-
laya from low-grade Cambrian–Eocene rocks of the 
Tethyan zone (Fig. 10.19). These latter rocks were 
deposited on the passive margin of northern India prior 
to its collision with Eurasia. The basal detachment 
records Miocene and, possibly, Pliocene north-directed 
normal displacements of at least 35–40 km that occurred 
contemporaneously with south-directed motion on the 
Main Central Thrust (Hodges, 2000). In its hanging 
wall, Tethyan rocks are dissected by complex arrays of 
splay faults (Fig. 10.19) whose cumulative displacement 
probably approaches that of the basal detachment 
(Searle, 1999).

Throughout the Tethyan zone are a discontinuous 
series of metamorphic culminations called gneiss 
domes. The most extensively studied of these is the 
Kangmar gneiss dome, which forms part of an antiform 

cored by Precambrian metamorphic basement sur-
rounded by a mantle of less metamorphosed Carbonif-
erous–Triassic rocks (Burg et al., 1984). A few of the 
largest gneiss domes preserve eclogite-facies metamor-
phic assemblages that are overprinted by amphibolite-
facies assemblages (Guillot et al., 1997). The domes are 
dissected by normal faults and bear some resemblance 
to the extensional metamorphic core complexes in the 
western USA and elsewhere (Section 7.3). However, 
their origin is not well understood and several different 
mechanisms have been proposed to explain them, 
including thrust faulting and folding in addition to 
normal faulting and lower crustal fl ow.

At the northern end of the Tethyan Zone the Indus–
Zangbo suture separates rocks that once formed part 
of the Indian Plate from Paleozoic–Mesozoic rocks of 
the Lhasa terrane (Section 10.4.2). The suture is defi ned 
by a deformed mixture of components derived from 
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both the Indian and Eurasia plates, as well as Tethyan 
ophiolites and blueschist (Section 9.9). The ophiolites 
are not continuous, and in places are replaced by sedi-
ment deposited in a forearc environment. South-dipping 
thrusts and strike-slip faults deform these rock units. 
North of the suture, the Paleozoic–Mesozoic sedimen-
tary rocks that form most of southern Tibet are intruded 

by the Cretaceous–Eocene Gangdese batholith of the 
Transhimalayan zone (Fig. 10.19). This batholith formed 
along an ocean–continent convergent plate margin in 
response to northwards underthrusting of Tethyan 
oceanic lithosphere prior to the India–Eurasia collision 
(Fig. 10.15c,d). In the western Himalaya the equivalent 
unit is an island arc that formed within the Tethys 
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Ocean in mid-Cretaceous times. The Bangong–Nujiang 
suture separates this unit from the Karakorum granite 
batholith on its northern side (Fig. 10.19).

North of the Indus–Zangbo suture, active normal 
faulting and east–west extension are dominant. This 
style of deformation has formed a series of young rift 
basins that trend approximately north–south. At most 
these basins record extension of a few tens of kilome-
ters. Most are fi lled with Pliocene and younger con-
glomerates and appear to have formed since the 
Miocene. Some are associated with major strike-slip 
faults, such as the Jiali Fault, and may represent pull-
apart basins (Section 8.2). These observations and geo-
chronologic data suggest that the east–west extension 
is either younger than or outlasted the north–south 
extension recorded by the South Tibetan Detachment 
System (Harrison et al., 1995). Late Cenozoic intrusive 
and extrusive activity also occurs in southern and central 
Tibet (Chung et al., 2005).

Between the Bangong–Nujiang suture and the 
Qaidam Basin (Fig. 10.13) are three major mid–late 
Cenozoic fold-thrust belts. All three are associated with 
the development of a foreland basin (Yin & Harrison, 
2000). The cumulative amount of shortening accom-
modated by these belts is poorly constrained but may 
reach several hundreds of kilometers. At the northern 
margin of Tibet deformation is partitioned between 
active folding and thrusting and several major active 
strike-slip faults, including the Altyn Tagh and Kunlun 
faults. Along the former fault, left-lateral strike-slip 
motion is transferred to as much as 270 km of north-
east–southwest shortening in the Qilian Shan. Farther 
east and southeast of the Qilian Shan, the shortening 
direction turns east–west where motion on east-striking 
strike-slip faults is transferred onto active north-striking 
thrust faults in the Longmen Shan (Burchfi el, 2004). 
This latter mountain range also records Mesozoic short-
ening and rises more than 6 km above the rigid, virtually 
undeformed Sichuan Basin, forming one of the steepest 
fronts along the Tibetan Plateau (Clark & Royden, 
2000). To the south of the basin, many of the major 
strike-slip faults, including the Jiali and Xianshuihe 
faults, are curved. These faults rotate clockwise around 
the eastern Himalayan syntaxis relative to South China 
(Wang et al., 1998).

North of the plateau active shortening also occurs 
in the Tien Shan and the Altai ranges of northern China 
and Mongolia. The deformation in these regions appears 
to be controlled mostly by pre-existing strength hetero-
geneities in the Eurasian lithosphere.

10.4.5 Deep structure

Velocity models and tomographic images derived from 
studies of Rayleigh surface waves (Section 2.1.3) show 
that the crust and uppermost mantle of the Indian 
Shield are characterized by high seismic velocities 
(Mitra et al., 2006). This characteristic suggests that the 
subcontinent is composed of relatively cool, strong 
lithosphere. At the northern edge of the Shield, com-
paratively low velocities occur beneath the Gangetic 
plains as a result of the molasse sediments and alluvial 
cover in the Ganga foredeep. Low velocities also char-
acterize the thick crust beneath the Himalaya and 
Tibetan Plateau. South of the Himalaya broad-band 
teleseismic data indicate that crustal thickness ranges 
from 35 to 44 km (Mitra et al., 2005). This variability 
partially refl ects the fl exure of the Indian plate (Fig. 
10.18), as it is underthrust to the north beneath Eurasia 
(Section 10.4.3).

Below the Himalaya, seismic refl ection and shear 
wave velocity profi les (Fig. 10.20b) show a well-defi ned 
Moho at 45 km depth that descends as a single smooth 
surface to depths of 70–80 km beneath southern Tibet 
(Nelson et al., 1996; Schulte-Pelkum et al., 2005). A 
crustal décollement surface above the Moho dips north-
ward from 8 km below the Sub-Himalaya to a mid-
crustal depth of 20 km beneath the Greater Himalaya. 
Above the décollement a strongly (20%) anisotropic 
layer characterized by fast seismic velocities has formed 
in response to localized shearing. Slightly north of the 
Greater Himalaya the lower crust of the Indian Shield 
shows a high velocity region that may contain eclogite. 
These observations suggest that the upper and middle 
parts of the Indian crust detach along the base of the 
shear zone and are incorporated into the Himalaya 
while the lower crust continues its descent under south-
ern Tibet (Fig. 10.21). This conclusion is consistent with 
gravity measurements that predict an increase in Moho 
depth beneath the Greater Himalaya (Cattin et al., 
2001).

The deep structure of the Tibetan Plateau has been 
studied using passive and active source seismic surveys, 
magnetotelluric measurements, and surface geologic 
studies as part of an interdisciplinary project called 
INDEPTH (InterNational DEep Profi ling of Tibet 
and the Himalaya). The geophysical data indicate 
that the refl ection Moho beneath Tibet is rather 
diffuse (Fig. 10.20b), similar to that observed on seismic 
refl ection profi les across the plateaux of the Central 
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Andes (Fig. 10.6). Like the Central Andes, the southern 
part of Tibet is characterized by low velocity zones in 
the crust and bands of bright intra-crustal refl ections at 
15–20 km depth that result from either a concentration 
of aqueous fl uids or the presence of partial melt (Nelson 
et al., 1996; Makovsky & Klemperer, 1999). Low values 
of Q (∼90) in this region are consistent with abnormally 
high temperatures as well as partially molten crust (Xie 
et al., 2004). Magnetotelluric data, which measure sub-
surface electrical resistivity (see also Section 8.6.3), are 
particular sensitive to the presence of interconnected 
fl uids in a rock matrix. Unsworth et al. (2005) found low 
resistivity along at least 1000 km of the southern margin 
of the Tibetan Plateau, suggesting that it is character-
ized by weak, low viscosity crust. This weak zone is 
confi ned on its southern side by the faulted Indian crust 
of the Greater Himalaya and is underlain by stiff Indian 
mantle (Rapine et al., 2003).

In central Tibet, teleseismic data and receiver func-
tions provide information on the crustal structure and 
mechanisms of deformation below the Bangong–
Nujiang suture (Ozacar & Zandt, 2004). Strong (>10%) 

seismic anisotropy in the upper crust shows a fabric 
that trends WNW–ESE parallel to both the suture 
and younger strike-slip faults. Seismic anisotropy (18%) 
also occurs at 24–32 km depth in the middle crust. 
This latter zone shows a near horizontal and gently 
dipping fabric that suggests mid-crustal fl ow in a 
north–south direction. The seismic properties of the 
lower crust and upper mantle also change across the 
suture (McNamara et al., 1997; Huang W. et al., 2000), 
although the suture itself has little geophysical expres-
sion (Haines et al., 2003). In the lower crust, some 
north-dipping refl ections may represent ductile thrust 
slices or wedges (Fig. 10.20c) and active-source seismic 
data show that the Moho shallows by up to 5 km on 
the northern side of the boundary (Haines et al., 2003). 
These observations, and the relatively small amount 
of shortening recorded in the upper crust of Tibet, 
suggest that the upper crust is mechanically decoupled 
from the underlying layers across a weak ductilely 
fl owing middle crust.

Surface wave studies (Curtis & Woodhouse, 1997) 
and Pn and Sn wave observations (McNamara et al., 
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1997; Zho et al., 2001) of the upper mantle indicate 
that fast mantle velocities occur beneath southern 
Tibet and slow mantle velocities occur north of the 
Bangong–Nujiang suture (Fig. 10.21). These differences 
suggest the presence of cold, strong mantle beneath 
southern Tibet and anomalously warm, weak mantle 
beneath central and northern Tibet. The pattern may 
indicate that Indian lithosphere has been underthrust 
to at least a point beneath the center of the Tibetan 
Plateau. However, this interpretation is in confl ict 
with estimates of the total amount of convergence 
and shortening of the lithosphere since the collision 
began. Estimates of the total convergence (∼2000 km) 
derived from magnetic anomalies, paleomagnetic 
studies, and estimates of the minimum amount of 
post-collisional shortening (Johnson, 2002) suggest that 
cold Indian lithosphere also may occur beneath north-
ern Tibet.

High resolution tomographic images of the upper 
mantle may help to resolve this discrepancy. Tilmann 
et al. (2003) interpreted the presence of a subvertical, 
high velocity zone located south of the Bangong–
Nujiang suture between 100 km and 400 km depth (Plate 
9.4(bottom) between pp. 244 and 245). This subvertical 
zone may represent downwelling Indian mantle litho-
sphere. The additional Indian lithosphere helps account 
for the total amount of shortening in the Himalayas and 
Tibet. The downwelling also may explain the presence 
of warm mantle beneath northern and central Tibet, 
which would fl ow upwards to counterbalance a defi cit 
in asthenosphere caused by the downwelling. The 
occurrence of calc-alkaline-type volcanic rocks in south-
ern and central Tibet may support this interpretation 
by requiring a portion of continental crust to have 
been underthrust into the mantle beneath Tibet from 
the north and south (Yin & Harrison, 2000). Neverthe-
less, the mechanisms by which Indian lithosphere 
shortens and is underthrust beneath Tibet remain 
controversial.

At the northern and northwestern margin of Tibet, 
the Moho abruptly shallows to depths of 50–60 km 
across the Altyn Tagh Fault and beneath the Tarim 
Basin (Wittlinger et al., 2004). The Moho also appears 
to shallow across the Jinsha suture beneath the Songpan–
Ganzi terrane (Fig. 10.21). From the receiver functions 
it is impossible to distinguish whether the Moho is part 
of Indian or Eurasian lithosphere. Relatively thick 
(60 km) crust occurs beneath the Tien Shan and gradu-
ally thins to the north to an average of 42 km beneath 
the Shield of Eurasia (Bump & Sheehan, 1998). The 

thick crust beneath the Tien Shan is consistent with 
evidence of crustal shortening in this region (Section 
10.4.3).

10.4.6 Mechanisms of 
continental collision

Like all other major zones of continental deformation 
(e.g. Sections 7.6, 8.6, 10.2.5), the evolution of colli-
sional orogens is governed by the balance among 
regional and local forces, the strength and rheology of 
the continental lithosphere, and by processes that 
change these parameters over time. To determine how 
interactions among these factors control the develop-
ment of the Himalayan–Tibetan orogen, geoscientists 
have developed physical and analogue models of conti-
nental collision. This section provides a discussion of 
the main results and different approaches used in this 
fi eld of study.

1 Precollisional history. The strength and 
rheology of the continental lithosphere at the 
start of continental collision is governed by 
the pre-collisional history of the two colliding 
plates. In the case of the Himalayan–Tibetan 
orogen, millions of years of subduction, arc 
magmatism, terrane accretion, and crustal 
thickening along the southern margin of 
Eurasia (Section 10.4.2) weakened the 
lithosphere. During the India–Eurasia 
collision, the many suture zones, thick fl ysch 
sequences, and other weak zones that 
characterized Eurasia allowed deformation to 
extend deep into the interior of the 
continent (Yin & Harrison, 2000; Tapponnier 
et al., 2001).

 Unlike Eurasia, the relatively cool and deeply 
rooted Precambrian shield of India resulted 
in a relatively strong plate that resisted 
shortening during collision. The generally 
high mechanical strength and high elastic 
thickness of the Indian lithosphere led to its 
underthrusting beneath southern Tibet 
(Section 10.4.3). An exception to its generally 
high strength is the sediment that was 
deposited on the passive continental margin 
of northern India from the Early Proterozoic 
to Paleocene. During collision, these weak 
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sequences failed and were scraped off the 
downgoing plate, forming the Himalayan 
fold and thrust belt.

2 Continental underthrusting. The underthrusting, 
or subduction, of continental lithosphere 
beneath another continental plate is one of the 
most important mechanisms that 
accommodates convergence in zones of 
continental collision. The rheology of the two 
plates and the degree of mechanical coupling 
between them control shortening and the 
evolution of stresses within the overriding 
plate. In the Himalayan–Tibetan orogen, the 
underthrusting of Indian continental 
lithosphere drives intra-plate shortening at the 
leading edge of the Indian plate and in Tibet, 
and, possibly, also farther north into Asia. The 
resultant shortening has generated crust that is 
up to 70–80 km thick (Section 10.4.5) and has 
contributed to the uplift and growth of the 
Tibetan Plateau. Like its counterpart in the 
central Andes (Section 10.2.4), the plateau is 
associated with high crustal temperatures and 
widespread intra-crustal melting that have 
weakened the crust suffi ciently to allow it to 
fl ow. This process has decoupled the Tibetan 
crust from the underlying convergent motions 
and has altered the dynamics of the orogen.

 Although geophysical observations show that 
Indian lithosphere is underthrust to at least a 
point beneath central Tibet, interpretations 
differ on how this process is accommodated 
(Dewey et al., 1989; Yin & Harrison, 2000; 
Johnson, 2002). The main problem is that the 
underthrusting requires the removal or 
displacement of Asian lithosphere from 
under Tibet (Section 10.4.5). Several 
mechanisms may alleviate this problem, 
including the downturning of Indian mantle 
lithosphere beneath the Bangong–Nujiang 
suture (Figs 10.21, Plate 9.4(bottom) 
(between pp. 244 and 245), the convective 
removal or delamination of the lithospheric 
mantle beneath Tibet (England & 
Houseman, 1988; Molnar et al., 1993), the 
southward subduction of Asian mantle 
(Willett & Beaumont, 1994), and the removal 
of Asian mantle by strike-slip faulting during 
the lateral escape of Tibet (Section 10.4.3). 

Although the role of these various processes 
remains uncertain, it seems likely that a 
combination of mechanisms accommodates 
shortening beneath Tibet.

3 Indentation, lateral escape, and gravitational 
collapse. A comparison between the total 
amount of convergence between India and 
Eurasia since they collided and estimates of the 
total amount of shortening accommodated by 
fold-thrust belts in the orogen has yielded a 
shortening defi cit ranging anywhere from 
500 km to over 1200 km (Dewey et al., 1989; 
Johnson, 2002). This defi cit has led to 
numerous attempts to explain how the 
convergence not accounted for by folding and 
thrusting has been accommodated. A leading 
hypothesis involves the indentation of India 
into Asia and the lateral escape of eastern 
Tibet (Section 10.4.3).

 Indentation is the process by which a rigid 
block presses into and deforms a softer block 
during convergence. The theory of 
indentation originally was developed by 
mechanical engineers to predict the 
confi guration of lines of maximum shear 
stress, or slip lines, in deforming plastic 
materials. In geologic applications, the slip 
lines correspond to dextral and sinistral 
strike-slip faults whose pattern is controlled 
by the shape of the indenter and by lateral 
constraints placed on the plastic medium 
(Tapponnier & Molnar, 1976; Tapponnier 
et al., 1982).

 In one pioneering application, Tapponnier et al. 
(1982) explored the effects of indentation as a 
rigid 50-mm-wide block (India) penetrates 
into a softer block (Asia) made of laminated 
plasticine. Figure 10.22 shows two 
evolutionary sequences where the plasticine 
is either bilaterally confi ned at the two edges 
parallel to the motion of the indenter (Fig. 
10.22a–c) or unilaterally confi ned at only one 
of these edges (Fig. 10.22d–f). The bilaterally 
confi ned case produces a symmetric pattern 
of slip lines ahead of a “dead triangle” that 
rapidly welds to the indenter. The 
penetration proceeds by the creation of 
numerous, short-lived, dextral and sinistral 
faults near the triangle’s apex. The unilateral 
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case generates an asymmetric pattern where 
faults that allow displacement towards the 
free edge predominate, such as F1. The block 
translated sideways rotates about 25° 
clockwise and is followed by the extrusion of 
a second block along another sinistral fault, 
F2, which allows a continued rotation of the 
fi rst block by up to about 40°. Pull-apart 
basins (Section 8.2) develop along the sinistral 
faults because of their irregular geometry. As 
these movements progress, a gap grows 
between the indenter and extruded plasticine. 
Tapponnier et al. (1982) suggested that these 
results explain the dominance of sinistral 
offsets in China (Fig. 10.22g). The pull-apart 
structures may be analogous to the 

extensional regimes in Shansi, Mongolia, and 
Baikal. The Altyn Tagh Fault may correlate 
with the major dislocation F2, and the Red 
River Fault with F1. The comparison also 
suggests that indentation causes the 
curvature of fault systems located east of 
Tibet. Finally, lateral extrusion between and 
to the southeast of the Altyn Tagh and Red 
River faults results in extension that 
resembles patterns observed in the South 
China Sea and the Gulf of Thailand (Fig. 
10.22g).

 Since its development in the late 1970s and 
early 1980s, the indentation model of 
continental collision has evolved considerably. 
Although the model of Tapponnier et al. 
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(1982) explains the general pattern and 
distribution of strike-slip faulting in eastern 
Tibet and southeast Asia, it has been less 
successful at explaining other aspects of the 
deformation. One problem is that it predicts 
lateral displacements of hundreds to a 
thousand kilometers on the large strike-slip 
faults within Tibet. However, estimates of 
the magnitude of slip on major strike-slip 
faults, so far, have failed to confi rm the 
extremely large magnitudes of displacement. 
The Altyn Tagh Fault, for example, may only 
have 200 km of left-lateral slip and the 
Xianshuihe Fault about 50 km (Yin & 
Harrison, 2000). These observations suggest 
that while lateral escape is occurring, it may 
occur on a smaller scale than originally 
predicted.

 Another problem with the application shown in 
Fig. 10.22 is that it does not predict, or take 
into account, the effects of variations in 
crustal thickness during deformation. In 
addition, the region of east–west extension 
and normal faulting in Tibet has no analogue 
in the model. One possible explanation for 
the extension is that it results from 
gravitational buoyancy forces associated with 
the great thickness and high elevations of the 
plateau. In this view, an excess in gravitational 
potential energy enhanced by the presence of 
a buoyant crustal root and the possible 
removal of mantle lithosphere by convective 
erosion or delamination (see also Section 
10.2.5) drives the gravitational collapse of the 
overthickened crust (Dewey, 1988; England & 
Houseman, 1989). Lateral gradients in 
gravitational potential energy may help the 
plateau spread out and move laterally toward 
the eastern lowlands where it interacts with 
other lithospheric elements. Whereas other 
origins for this extension also have been 
proposed, quantitative considerations of these 
forces suggest that the evolution of the 
plateau depends as much upon buoyancy 
forces and local boundary conditions as it 
does on indentation or stresses arising at the 
edges of the Indian and Eurasian plates 
(Royden, 1996; Liu & Yang, 2003). The 
gravitational collapse of over-thickened 
continental crust also explains the evolution 

of orogens after convergence stops where, in 
many areas, it has been linked to the 
formation of extensional metamorphic core 
complexes (Section 7.3).

 To account for these effects, investigators have 
simulated the deformation of Asia using a 
viscous sheet that deforms in response to 
both the edge forces arising from continental 
collision and the internal forces generated by 
differences in crustal thickness (England & 
Houseman, 1989; Robl & Stüwe, 2005a). 
Rather than modeling displacements on 
individual faults, these continuum models 
simulate deformation as a zone of distributed 
fl ow between two colliding plates. Most 
predict that a zone of shortening and 
thickening crust grows in front of and, with 
the appropriate boundary conditions, to the 
side of an advancing indenter. The results 
suggest that the zone of deformation directly 
related to the India–Eurasia collision is much 
smaller than that predicted by the plasticine 
models and that other regions of 
deformation in Southeast Asia are unrelated 
to the local and tectonic forces arising from 
the collision. Instead, deformation in these 
latter regions may result from regional 
tectonic stress fi elds related to the plate 
boundaries located south and east of Asia.

 Continuum models of indentation, in general, 
have been successful at explaining the 
asymmetry of deformation in Asia, including 
the lateral escape of eastern Tibet. They also 
are well suited for examining the effects of 
variations in lithospheric strength and 
rheology on the style of deformation 
observed in India and Asia. Robl & Stüwe 
(2005a, 2005b), for example, explored the 
effects of variations in the shape, 
convergence angle, and rheology of a 
continental indenter on both lateral and 
vertical strain patterns in Asia during lateral 
escape. These authors investigated the 
sensitivity of a deforming viscous sheet to 
indentation involving combinations of these 
parameters. An especially interesting aspect 
of their application is the investigation of 
how buoyancy forces arising from crustal 
thickening are balanced by edge forces from 
indentation.
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 In the experiments of Robl & Stüwe (2005a) 
Asia is modeled as a viscous sheet consisting 
of a regular square mesh with 3200 triangles 
(Fig. 10.23a). The eastern, western, and 
northern boundaries of the mesh are rigid 
and cannot move. These constraints simulate 
the effects of the Tarim Basin to the north 
and Pamir to the west. At the southern 
boundary an indenter of width (D/2) and 
length (ω) moves northward into the mesh 
with a velocity scaled to be 50 mm a−1. This 
motion results in deformation and thickening 
that is distributed between the indenter and 
the foreland to the north (Fig. 10.23b). Two 
important variables include the viscosity 
contrast (η) between the indenter and the 
foreland and the angle (α) between the 
indenter front and the direction of 
indentation. All materials are described using 
a power law rheology with exponent (n), 
which describes how strain rates are related 
to stress (Section 2.10.3).

 The effect of indenter shape on the 
distribution of deformation is best 
illustrated in simulations where the indenter 
is strong. Viscosity contrasts of η = 1000 
and η = 100 simulate this condition. The 
results show that for an indentation angle 
of α = 45° and a strong, viscous indenter, 
deformation localizes along the interface 
between the colliding blocks and the 
horizontal velocity fi eld is highly 
asymmetric. Crustal thickening is at a 
maximum north of the western tip and 
slightly less in front of the northeastern 
edge (Fig. 10.24a,b). A band of eastward-
moving material develops on the northeast 
side of the indenter (Fig. 10.25a). These 
asymmetries contrast with the symmetric 
patterns that surround rectangular indenters 
with high viscosities (Figs 10.23b, 10.25b). 
For a low viscosity indenter (η = 2 or 3), 
the indenter angle plays only a minor role. 
In these latter cases, the indenter 
accommodates most of the shortening and 
thickening, with the pattern becoming 
progressively more symmetric and 
delocalized through time (Fig. 10.24c,d). 
Figure 10.25c and d show that the 
horizontal velocity fi eld for a rectangular 

Figure 10.23 Geometry and boundary conditions of 
a fi nite element model of indention (image provided by 
J. Robl and modifi ed from Robl & Stüwe, 2005a, by 
permission of the American Geophysical Union. 
Copyright © 2005 American Geophysical Union). 
(a) Regular mesh consisting of 3200 triangles. Shaded 
region is the indenter and light region is the foreland. 
(b) Typical model result scaled for a length scale of D = 
5000 km and an indentation velocity of 50 mm a−1. Gray 
scale indicates crustal thickening distributed between 
indenter and foreland.
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conditions, lateral escape of the crust 
increases with indenter angle for relatively 
strong indenter rheologies and simulates 
the patterns of displacement observed in 
eastern Tibet.

 In situations where Asian lithosphere is 
especially viscous and strong, lateral escape 
results mainly from horizontal compression 
as blocks move out of the way of the rigid 
indenter. In these cases, buoyancy forces 
arising from crustal thickening contribute 
little to the horizontal velocity fi eld because 

the thickening tends to be either highly 
localized or inhibited by the high strength 
of the material. As the strength of Asia 
decreases, the magnitude and distribution 
of crustal thickening increase and 
gravitational buoyancy forces become 
increasingly important. The numerical 
simulations of Robl & Stüwe (2005a) and 
others (Liu & Yang, 2003) suggest that 
buoyancy forces developing in weak thick 
crust such as that in Tibet enhance the 
rate of lateral escape.

2 2

2 2

4 4

4 4

6 6

6 6

8 8

8 8

40

50

>100

40 7050 60

km

40

50>100

40 7050 60

km

x 10  km
3

x 10  km
3

x 
10

  k
m

3

x 
10

  k
m

3

60

60

60

>100

2 4 6 8 x 10  km
3

2

4

6

8

3
x 

10
  k

m

(a)

(b) (d)

(c)

2

2

4

4

6

6

8

8 x 10  km3

x 
10

  k
m

3

n � 3
t � 40 Myr
α � 45�
η � 1000

n � 3
t � 40 Myr
α � 45�
η � 1000

n � 3
t � 40 Myr
α � 45�
η � 2

n � 3
t � 40 Myr
α � 45�
η � 2

Figure 10.24 Finite element model showing the infl uence of viscosity contrast on the evolution of oblique indenters 
(image provided by J. Robl and modifi ed from Robl & Stüwe, 2005a, by permission of the American Geophysical Union. 
Copyright © 2005 American Geophysical Union). In both model runs, the geometry was identical, and n = 3 and a = 45°. 
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 A three-dimensional viscoelastic model 
developed by Liu & Yang (2003) illustrates 
how various possible driving forces and a 
rheological structure involving both vertical 
and lateral variations infl uence deformation 
patterns in Tibet and its surrounding regions. 
This model, like most others, involves a rigid 
Indian plate that collides with a deformable 
Eurasian continent at a constant velocity 
relative to Eurasia. The two plates are 
coupled across a fault zone that simulates the 
Main Boundary Thrust (Fig. 10.26a). On the 
eastern and southeastern sides of the model, 

boundary conditions are assigned to simulate 
the lateral escape of the crust. On the west, 
the effects of a spring or roller simulate the 
lateral resisting force of a rigid block in 
Pamir. On the northern side of the model 
boundary conditions approximate the 
resistance to motion by the rigid Tarim 
Basin. The top surface approximates the real 
topography and the bottom lies at 70 km 
depth. A vertical topographic load is included 
by calculating the weight of rock columns in 
each surface grid of the fi nite element 
model. An isostatic restoring force is applied 
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to the bottom of the model. Unlike many 
other models, this experiment also 
incorporates lateral variations in rheology 
using three crustal blocks, including a stiff 
Indian plate, a weak Tibetan Plateau, and an 
intermediate-strength Asian continent north 
of the plateau. In addition, six layers of 
material with different effective viscosities 
represent vertical variations in the rheology 
of these blocks (Fig. 10.26b).

 Within this framework, Liu & Yang (2003) 
considered that combinations of the 
following forces contribute to the present 
state of stresses in the Himalaya and Tibetan 
Plateau: (i) a horizontal compressive force 
resulting from the collision of India with 
Asia; (ii) buoyancy forces resulting from 
isostatically compensated topography; (iii) 
basal shear on the Eurasia plate as India 
slides beneath Tibet; and (iv) horizontal 
forces originating from the pull of 
subduction zones located south and east of 
Asia. The stress fi eld is constrained by GPS 
data, earthquake focal mechanisms, 
topography, and other observations. Figure 
10.26c and d show the predicted stresses in 
the upper crust (at 10 km depth) using the 
velocity boundary conditions based on 
geodetic data: a uniform convergence rate of 
44 mm a−1 toward N20°E at the Himalayan 
front (V1), 7 mm a−1 to the east on the east 
side (V2), and 10 mm a−1 to the southeast on 
the southeast side of the model (V3). A 
velocity of 20 mm a−1 to the north (VN) 
occurs at the western side of the model and 
decreases to zero on the eastern side. Higher 
convergent rates lead to enhanced 
mechanical coupling between the Eurasian 
and Indian plates, although this effect can be 
offset by a Main Boundary Thrust Zone that 
is mechanically weak.

 The model results suggest that the surface 
velocity fi eld and regime of deformation in 
the orogen (Section 10.4.3) refl ect a 
mechanical balance between gravitational 
buoyancy, the indenting Indian plate, and the 
specifi c geometry and the boundary 
conditions of the plateau. Crustal thickening 
and topographic uplift are enhanced by the 
presence of the Tarim Basin, which acts as a 

rigid back-stop at the northern end of the 
model. To obtain the observed east–west 
extension and the high elevations of Tibet, 
the Tibetan crust must be very weak. The 
model suggests that the force balance evolves 
through time as the crust deforms and 
thickens. When the plateau is 50% lower 
than its present elevation of nearly 5 km, 
strike-slip and reverse faulting dominate the 
plateau region. Signifi cant crustal extension 
occurs when the plateau reaches 75% of its 
present elevation. The model also suggests 
that although far fi eld extensional forces may 
enhance the collapse of the plateau they are 
not required. Basal shear also enhances the 
extensional regime in the Himalaya and 
southern Tibet while increasing shortening 
in northern Tibet. This latter effect results 
because basal shear relieves the compressive 
(indentation) stresses that balance the 
buoyancy forces driving extension at the 
southern edge of Tibet. This leads to a 
decrease in compressive stress in the upper 
crust, which enhances extension. North of 
the Indus–Zangbo suture, the basal shear 
adds to the horizontal compression, resulting 
in increased shortening.

4 Lower crustal fl ow and ductile extrusion. The 
simple numerical and analogue experiments 
of indentation described above illustrate the 
sensitivity of deformation in collisional belts to 
local boundary conditions and variations in 
lithospheric rheology. A particularly interesting 
group of numerical experiments has explored 
the effects of weak, fl owing middle and lower 
crust on the dynamics of continental collision. 
This condition of weak crust is in good 
agreement with geologic and geophysical 
observations indicating that the middle crust 
beneath Tibet is hot, fl uid-rich, and/or partially 
molten (Section 10.4.5).

 Royden (1996) and Ellis et al. (1998) showed that 
a vertical stratifi cation of the lithosphere into 
strong and weak layers infl uences the degree 
of strain localization during convergence. 
Where the lower crust is relatively strong 
and resists fl ow, the crust tends to couple to 
the underlying mantle during shortening and 
results in a relatively narrow zone of 
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localized strain at the surface. This effect 
may explain the relatively narrow width, 
triangular shape, and lack of a high orogenic 
plateau in the Eastern Alps and the Southern 
Alps of New Zealand. By contrast, where the 
lower crust is relatively weak and fl ows easily, 
the crust decouples from the mantle and 
results in diffuse strain. This latter effect may 
apply to Tibet and the central Andes where 
low viscosity zones have developed in the 
deep crust during crustal thickening and 
wide, steep-sided plateaux have formed above 
the weak zones (Sections 10.2.4, 10.4.5).

 A vertical decoupling of the lithosphere as a 
result of ductile fl ow in a weak lower crust 
is well illustrated along the northern and 
eastern margins of Tibet. In these regions 
balanced cross-sections show that thrust 
faults sole out into décollement surfaces in 
the middle crust (Yin & Harrison, 2000). A 
comparison of geodetic data (Fig. 10.16a) 
and geologic observations has indicated that 
the lateral motion of the crust in the 
Longmen Shan region of eastern Tibet is 
mostly accommodated by lower crustal fl ow 
with little faulting occurring at the surface 
(Burchfi el, 2004). Northwest of the Sichuan 
Basin topography is anomalously high 
compared to the rest of Tibet. Clark & 
Royden (2000) and Clark et al. (2005) 
explained these relationships as a result of 
dynamic pressure resulting from the lateral 
fl ow of a partially molten lower crust as it 
encounters the strong crust and upper 
mantle of the Sichuan Basin. At the western 
margin of the basin, the fl owing lower crust 
diverts northeastward along a rheologically 
weak crustal corridor that coincides with the 
Paleozoic–Mesozoic Qinling suture. The 
response of the upper crust to this fl ow 
may include dynamic uplift and strike-slip 
faulting, resulting in the anomalously high 
topography of eastern Tibet compared to its 
central and southern sectors.

 The strain-softening effects of continental 
underthrusting coupled with enhanced 
surface erosion also can result in strain 
localization that alters the dynamics of 
orogenesis. An excellent example of this 
process occurs in the Southern Alps of New 

Zealand (Section 8.6.3). Strain-softening 
feedbacks also have contributed signifi cantly 
to the tectonic evolution of the Himalayan 
fold and thrust belt and southern Tibet 
where Indian lithosphere is underthrust to 
the north beneath Eurasia. Hodges (2000) 
summarized nine principal geologic and 
tectonic features of this relatively narrow 
zone that require explanation in any 
quantitative model of the orogen. These 
features include (Fig. 10.20c): (i) rapid 
erosion of the southern fl ank of the 
Himalaya; (ii) shortening on the Main 
Central Thrust (MCT) system and thrust 
faults to the south; (iii) extension on the 
South Tibetan Detachment (STD) system; 
(iv) high-grade metamorphism and crustal 
melting in the Greater Himalaya; (v) crustal 
melting in the middle crust beneath Tibet; 
(vi) juxtaposition of contrasting lithologies 
across the MCT; (vii) an inverted 
metamorphic sequence where high-grade 
rocks are thrust over the Lesser Himalaya 
along the MCT; (viii) the position of the 
Indus–Zangbo suture; and (ix) normal faults 
accommodating north–south extension in 
the southern Tibetan Plateau.

 To determine how enhanced erosion coupled 
with continental underthrusting may explain 
these principle features, Beaumont et al. 
(2001, 2004) constructed thermomechanical 
models involving combinations of two 
related processes. The fi rst process is a 
channel fl ow of ductile middle to lower crust. 
Channel fl ow involves the lateral movement 
of partially molten crust in a narrow zone 
bounded above and below by shear zones. 
These authors used this type of fl ow to 
explain the progressive growth of the 
Tibetan Plateau. The second process is the 
ductile extrusion of high-grade metamorphic 
rocks between coeval normal-sense and 
thrust-sense shear zones. This latter process 
is used to explain the exhumation of the 
Greater Himalaya rocks along the southern 
fl ank of the mountain range. In the models 
these two processes are linked through the 
effects of surface denudation (i.e. the 
removal of surface material) that is focused 
along the southern edge of a plateau and the 
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presence of low viscosity, partially molten 
crust beneath Tibet. Variations in crustal 
thickness between the high plateau and the 
Ganga foreland, the rate of denudation and 
upper crustal strength also affect the style of 
the deformation. The models are relatively 
insensitive to channel heterogeneities and to 
variations in the behavior of the mantle 
lithosphere beneath the modeled plateau.

 The thermomechanical models of Beaumont 
et al. (2004) consist of a vertical plane divided 
into crust and mantle layers (Fig. 10.27a). A 
passive marker grid and numbered vertical 
markers track the progressive deformation of 
the model during convergence. The suture 
(S) marks the position where Indian 
lithosphere is subducted beneath Eurasia and 
descends into the mantle at a constant 
velocity (Vp) and a constant dip angle (θ). 
This point is allowed to migrate during 
convergence. The basal velocity condition 
drives fl ow in the upper plate. The crust 
consists of upper and middle quartzo-
felspathic layers overlying a dry granulitic 
lower crust that are modeled using a viscous-
plastic power-law rheology. The initial 
thermal structure (Fig. 10.27b) shows two 
radioactive layers (A1, A2) that provide 
internal heat to the crust. The lithosphere-
asthenosphere boundary is defi ned to be at 
the 1350°C isotherm. Given a basal heat fl ux 
of qm = 20 mW m−2, a surface heat fl ux of qs 
= 71.25 mW m−2, and a surface temperature 
(Ts) of 0°C with no heat fl ux through the 
sides of the model, the Moho temperature is 
704°C. Other important model properties 
include an extra increment of viscous 
weakening in the crust, which simulates the 
presence of a small amount of partial melt, 
and surface denudation scaled to 1.0–
20 mm a−1.

 Figure 10.27c–e show the results of a model 
that provides an internally consistent 
explanation of the large-scale geometry and 
tectonic features of the Himalaya and 
southern Tibet. This model incorporates 
a convergence rate of 50 mm a−1 and 
advancing subduction, which mimics the 
manner in which precollisional suture zones 
wrap around the rigid India indenter as it 

penetrates into Eurasia. Surface denudation 
also requires the suture (S) to advance, which 
is modeled at a rate of Vs = 25 mm a−1. 
Although S moves during the model, the 
results in Fig. 10.27c–e are shown with a 
fi xed point “S” to keep the size of the 
diagrams manageable. Advancing subduction 
requires the removal of Eurasian lithosphere, 
which also is modeled by subduction. Indian 
lower crust is subducted along with its 
underlying mantle lithosphere. No 
displacements occur out of the plane of the 
model.

 As Indian lithosphere is underthrust beneath 
southern Tibet, channel fl ow initiates by the 
development of partially molten material in 
the mid-lower crust beneath the plateau (Fig. 
10.27c,d). Coeval thrust- and normal-sense 
shear zones develop across the lower and 
upper parts of the channel, respectively. 
These shear zones are interpreted to 
correspond to the Main Central Thrust and 
the South Tibetan Detachment Fault. The 
channel propagates through the converging 
crust. Effi cient erosion at the southern edge 
of the plateau leads to a coupling between 
the channel fl ow and surface denudation. 
Denudation causes the surface position of 
the suture (S) to migrate toward India 
relative to the mantle (Fig. 10.27c–e) because 
it creates an imbalance in the fl ux of crustal 
material through the model. The fi nal 
position of the suture after 51–54 Ma mimics 
the position of the Indus–Zangbo suture 
within the Tibetan Plateau.

 The coupling between channel fl ow and surface 
denudation eventually leads to the ductile 
extrusion and exhumation of hot material in 
the channel between the coeval thrust and 
normal faults (Fig. 10.27d,e). The 
exhumation exposes the high-grade 
metamorphic rocks and migmatite 
(i.e. a mixed rock consisting of both 
metamorphic and igneous components) of 
the Greater Himalaya. The provenance of 
the channel material is derived from two 
sources. Initially, melt weakening in the 
middle crust occurs just to the south of point 
“S” (Fig. 10.27c). Later, as the suture is 
advected southward, material is derived from 
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the Eurasian side of the suture. This process 
predicts that channel crust south of the 
Indus–Zangbo suture will show Indian 
crustal affi nities, whereas channel material 
north of the suture will have Eurasian crustal 
affi nities in a manner consistent with 
geologic observations (Section 10.4.4). Other 
similar models predict the formation of 
gneiss domes similar to those observed in the 
Greater Himalaya.

10.5 ARC–CONTINENT 
COLLISION

Orogenic belts that result from the collision between 
an island arc and a continent typically are smaller 
than those that form by continent–continent collision 
(Dewey & Bird, 1970). Arc–continent collision also 
tends to be relatively short-lived because it usually 
represents an intermediate step during the closure of 
a contracting ocean basin. Active examples of this 
type of orogen occur in Taiwan (Huang C.-Y. et al., 
2000, 2006), Papua New Guinea (Wallace et al., 2004), 
and the Timor–Banda arc region north of Australia 
(Audley-Charles, 2004). These belts provide important 
information on the mechanisms by which continents 
grow, including by the accretion of terranes (Section 
10.6.3).

The sequence of events that occurs during arc–con-
tinent collision begins as the island arc approaches a 
continent by the consumption of an intervening ocean. 
Collision begins when the continental margin is driven 
below the inner wall of the trench. At this point the 
positive buoyancy of continental lithosphere slows the 
rate of underthrusting and may lock the trench. If the 
continental margin is irregular or lies at an angle with 
respect to the island arc, the timing of arc–continent 
collision may vary along the strike of the orogen. Once 
collision begins, the forearc region and accretionary 
wedge are uplifted and deformed as thrust faults carry 
slices of fl ysch and oceanic crust onto the continental 
plate. If the two plates continue to converge, a new 
trench may develop on the oceanward (or backarc) side 
of the island arc.

The Timor–Banda arc region provides an example 
of an arc–continent collision in its early stages of devel-
opment. Prior to 3 Ma, oceanic lithosphere of the Indo-

Australian plate subducted northward beneath the 
Eurasian plate at the Java Trench (Fig. 10.28a). This 
subduction created the Banda volcanic arc and a north 
dipping Benioff zone that extends to depths of at least 
700 km. Between 3 Ma and 2 Ma, subduction brought 
Australian continental lithosphere in contact with the 
Banda forearc, part of which was thrust southward over 
the colliding Australian continental margin and is now 
well exposed on Timor (Harris et al., 2000; Hall, 2002). 
The downgoing Australian continental slope choked 
the subduction zone and created a fold and thrust belt 
(Fig. 10.28b) that has deformed both the forearc 
sequences and the structurally lower unsubducted cover 
sequences of the Australian continental margin. The 
Australian sequences include pre-rift Late Jurassic to 
Permian sedimentary rocks of a Gondwana cratonic 
basin, and younger post-rift Late Jurassic to Pliocene 
continental margin deposits that accumulated on the 
rifted continental slope and shelf (Audley-Charles, 
2004). Within the adjacent volcanic arc north of Timor, 
volcanism has stopped on the islands of Alor, Wetar, 
and Romang. West of the tectonic collision zone volca-
nism is still occurring on the islands of Flores, Sumbawa 
and Lombok, north of the triangular Savu-Wetar forearc 
basin (Fig. 10.28a).

In eastern Indonesia, east of the Australian–Timor 
collision zone, seismicity patterns provide evidence of 
the past northward subduction of Indian oceanic 
lithosphere beneath the Banda Sea (Milsom, 2001). 
Figure 10.28a shows the inferred position of the former 
Banda trench, which represents the eastward continu-
ation of the Java trench before it was obliterated by 
its collision with Australian continental lithosphere. 
The distribution of earthquake hypocenters beneath 
the Wetar Strait and Banda arc marks the location 
of the descending continental lithosphere to below 
depths of 300 km (Engdahl et al., 1998). Earthquake 
records suggest that the upper and lower plates of 
the subduction zone in the Timor region are now 
locked (McCaffrey, 1996; Kreemer et al., 2000). North 
of the Banda arc, Silver et al. (1983) discovered two 
north-directed thrust faults (the Wetar and Flores 
thrusts) that appear to represent the precursors of a 
new subduction zone that is forming in response to 
the collision (Fig. 10.28a,b).

An example of an oblique arc–continent collision 
occurs in Taiwan and its offshore regions. This belt 
is especially interesting because an oblique angle of 
convergence between the Luzon arc and the Eurasia 
continental margin has resulted in a progressive young-
ing of the collision zone from north to south (Fig. 
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10.29). This geometry has allowed geoscientists to 
use spatial variations in the patterns of deformation, 
uplift, and sedimentation to piece together the pro-
gressive evolution of an oblique collision. C.-Y. Huang 
et al. (2000, 2006) used this approach to propose four 
stages of arc–continent collision beginning with intra-
oceanic subduction and evolving through initial and 
advanced stages before the arc and forearc collapse 
and subside.

Off southern Taiwan, near latitude 21°N (Fig. 
10.29), subduction of South China Sea oceanic litho-
sphere beneath the Philippine Sea plate results in volca-
nism and has formed an accretionary prism and forearc 
basin (Figs 10.29, 10.30a). The Hengchun Ridge/
Kaoping slope and North Luzon Trough represent 
these two tectonic elements, respectively. Farther north, 
near 22°N, the North Luzon Trough narrows at the 
expense of an expanding accretionary prism (Fig. 10.29). 
In this latter region arc–continent collision began about 
5 Ma and resulted in the formation of a suture between 
the arc and prism. The suture records both convergent 
and sinistral strike-slip motion (Malavieille et al., 2002) 
and separates two zones of contrasting structural ver-
gence. To the east, forearc sequences have been thrust 
eastward toward the arc, forming the Huatung Ridge 
(Fig. 10.29). To the west, forearc material on the Asian 
continental slope and South China Sea basin is carried 
westward within a growing accretionary prism. On the 
Hengchun Peninsula, Miocene slates and turbidites of 
the prism have been uplifted and exposed. These and 
other observations suggest that the initial stage of 
oblique arc–continent collision involves the following 
processes (Fig. 10.30b):

1 uplift and erosion of the accretionary prism and 
the continued deposition of forearc basin 
sequences;

2 waning arc volcanism and the build-up of 
fringing reefs on inactive volcanic islands;

3 arc subsidence, strike-slip faulting, and the 
development of intraarc pull-apart basins;

4 suturing, clockwise rotation, and shortening of 
forearc sequences to form a syn-collisional fold 
and thrust belt.

North of the Huatung Ridge, near 23°N, arc–conti-
nent collision has reached an advanced stage (Huang et 
al., 2006). Here, collision since the Plio-Pleistocene has 
resulted in the west-directed thrusting and accretion of 

the Luzon arc and forearc sequences onto the accretion-
ary wedge and Asian continent (Fig. 10.30c). These 
events have led to the uplift and exhumation of the 
underthrust Eurasian continental crust in the Coastal 
Range of eastern Taiwan. The last stage in the colli-
sion/accretion process is recorded north of about 24°N 
where the collapse and subsidence of the accreted arc 
and forearc has occurred over the last one or two million 
years (Fig. 10.30d), possibly as a result of the northward 
subduction of the northernmost Coastal Range at the 
Ryukyu Trench (Fig. 10.29). C.-Y. Huang et al. (2000) 
postulated that the Longitudinal Valley–Chingshui 
faults mark the collapsed trace of the arc where it 
approaches the subduction zone. This sequence of 
events suggests that orogens formed by arc–continent 
collision can progress rapidly through the initial stage 
of collision to an advanced stage and even collapse of 
the arc and forearc in only a few million years.

10.6 TERRANE 
ACCRETION AND 
CONTINENTAL 
GROWTH

10.6.1 Terrane analysis

Many orogens are composed of a collage of fault-
bounded blocks that preserve geologic histories unre-
lated to those of adjacent blocks. These units are known 
as terranes and may range in size from a few hundreds 
to thousands of square kilometers. Terranes usually are 
classifi ed into groups according to whether they are 
native or exotic to their adjacent continental cratons 
(e.g. Section 11.5.5). Exotic (or allochthonous) terranes 
are those that have moved relative to adjacent bodies 
and, in some cases, have traveled very great distances. 
For example, paleomagnetic investigations have dem-
onstrated that some terranes have a north–south com-
ponent of motion of several thousand kilometers (Beck, 
1980; Ward et al., 1997) and have undergone rotations 
of up to 60° (Cox, 1980; Butler et al., 1989). The bound-
aries of terranes may be normal, reverse, or strike-slip 
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Figure 10.29 Tectonic map of the Taiwan arc–continent collision (images provided by C.-Y. Huang and modifi ed from 
Huang C.-Y. et al., 2000, with permission from Elsevier).
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(a) Intra-oceanic subduction (15–11 Ma to Recent)

(b) Initial arc-continent collision (5 Ma to Recent)

(c) Advanced arc-continent collision (2 Ma to Recent)

(d) Arc collapse/subduction (1–2 Ma to Recent)
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faults; occasionally they may preserve thin ophiolites, 
blueschist, or highly deformed fl ysch. Terranes are 
‘suspect’ if there is doubt about their paleogeography 
with respect to adjacent terranes or to the continental 
margin (Coney et al., 1980; Howell, 1989).

The identifi cation and analysis of terranes is one of 
the most useful approaches to determining the long-
term evolution of orogens, the mechanisms of conti-
nental growth, and the origin of the constituent 
components of continental lithosphere. Terrane recog-
nition is based on contrasts in detailed stratigraphic and 
structural histories, although in many cases these have 
been destroyed or modifi ed by younger events. Simi-
larly the original nature of the bounding faults of many 
terranes may be obscured by metamorphism, igneous 
activity, or deformation. Consequently, in order to 
determine whether the geologic histories of adjacent 
terranes are compatible with their present spatial rela-
tionships, very detailed and comprehensive structural, 
geochemical and isotopic investigations are necessary 
(e.g. Keppie & Dostal, 2001; Vaughan et al., 2005). 
In practice several criteria are used to distinguish 
the identity of terranes, including contrasts in the 
following:

1 the provenance, stratigraphy, and sedimentary 
history;

2 petrogenetic affi nity and the history of 
magmatism and metamorphism;

3 the nature, history, and style of deformation;

4 paleontology and paleoenvironments;

5 paleopole position and paleodeclination.

The rock associations that make up terranes tend to 
be similar among orogens. Consequently, investigators 
have grouped them into several general types (Jones 
et al., 1983; Vaughan et al., 2005):

1 Turbidite terranes characterized by thick piles 
of land-derived sediment that are transported 
offshore by density currents and deposited in a 
deep marine environment. The sequences 
commonly are siliciclastic and may also be 
calcareous. Most of these terranes have been 
metamorphosed and imbricated by thrust 
faulting during or after accretion; some may 
preserve a crystalline basement. Three main 
varieties occur:

 (a)  turbidites forming part of an accretionary 
prism in a forearc setting (Section 9.7) 

with a large proportion of basaltic rock;
 (b)  turbidites forming part of an accretionary 

prism in a forearc setting with a minor 
proportion of basaltic rock;

 (c)   turbidites that escaped being incorporated 
into an accretionary prism.

2 Tectonic and sedimentary mélange terranes 
consisting of a heterogeneous assembly of 
altered basalt and serpentinite, chert, limestone, 
graywacke, shale, and metamorphic rock 
fragments (including blueschist) in a fi ne-
grained, highly deformed, and cleaved 
mudstone matrix. These terranes commonly 
are associated with fl ysch, turbidite terranes, 
and collision-subduction zone assemblages 
(Section 9.7), and may occur along the 
boundaries between other terranes.

3 Magmatic terranes, which may be 
predominantly mafi c or felsic according to the 
environment in which they form. Mafi c 
varieties commonly include ophiolites, pillow 
basalts associated with pelagic and volcanogenic 
sediment, subaerial fl ood basalts, sheeted dikes, 
and plutonic complexes. This category may 
represent rock generated by seafl oor spreading, 
LIP formation (Section 7.4.1), arc volcanism, 
ocean islands, and fragments of basement 
derived from backarc and forearc basins. In 
some cases oceanic fragments are associated 
with overlying sedimentary sequences charting 
travel from deep sea to continental margin 
environments. Felsic varieties commonly 
include calc-alkaline plutonic rock and dispersed 
fragments of old continental crust.

4 Nonturbiditic clastic, carbonate, or evaporite 
sedimentary terranes, which fall into two 
categories:

 (a)  well-bedded, shallow marine fl uvial or 
terrestrial sequences; such as those 
deposited on continental margins and 
shallow basins;

 (b)  massive limestones, such as those scraped 
off the tops of seamounts as they 
become incorporated into accretionary 
prisms.

5 Composite terranes, which consist of a 
collage of two or more terranes of any 
variety that amalgamated prior to accretion 
onto a continent. Examples of this type of 
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terrane include the Intermontane and Insular 
Superterranes of the Canadian Cordillera 
(Fig. 10.33a) and Avalonia (Figs 10.34; 
11.24b).

The chronological sequence of terrane accretion 
onto a continent can be determined from geologic 
events that postdate accretion and link adjacent terranes 
(Fig. 10.31). These include the deposition of sediments 
across terranes boundaries (Fig. 10.31a), the appearance 
of sediments derived from an adjacent terrane (Fig. 
10.31b), and the “stitching” together of terranes by plu-
tonic activity (Fig. 10.31c).

Following the identifi cation of the terranes that 
comprise an orogen, a variety of analytical tools may 
be applied to determine whether they are exotic or 
native to the adjacent cratons. In addition to paleomag-
netic, structural, and paleontologic studies; these 
include the application of isotope geochemistry and 
geochronology to determine the thermal evolution, 
provenance history, and crustal sources of the terranes. 
The most commonly used provenance techniques 
include the dating and geochemical characterization of 
zircon using U, Pb, and Hf isotope compositions (e.g. 
Gehrels, 2002; Hervé et al., 2003; Griffi n et al., 2004). 
Zircon is a highly refractory mineral that commonly 
occurs in granitoids and sedimentary rock and may 

preserve isotopic evidence of multiple phases of 
igneous and metamorphic growth. Comparisons of the 
age spectra from detrital zircon populations collected 
from sedimentary and metasedimentary rocks are espe-
cially useful for determining provenance history (e.g. 
Sections 3.3, 11.1). Analyses of the composition and 
petrologic evolution of xenoliths carried to the surface 
from great depths provide another important means 
of probing the deep roots of terranes to determine 
their age, sources, and tectonic evolution (e.g. Section 
11.3.3).

10.6.2 Structure of 
accretionary orogens

One of the most fully investigated belts of accreted 
terranes is the Cordillera of western North America 
(Fig. 10.32). The distribution of terranes in this region 
forms a zone some 500 km wide that makes up about 
30% of the continent (Coney et al., 1980). Most of the 
terranes in the Cordillera accreted onto the margin of 
ancestral North America during Mesozoic times (Coney, 
1989). Some also experienced lateral translations along 
strike-slip faults. This latter process of dispersal, where 
accreted terranes become detached and are redistrib-
uted along the margin, is still occurring today as active 
strike-slip faults dismember and transport terranes 
within Canada, the USA, and México.

Two composite cross-sections across the Canadian 
Cordillera (Fig. 10.33a) illustrate the large-scale tectonic 
structure of a major accretionary orogen. The sections 
were constructed by combining deep seismic refl ection 
and refraction data from the Lithoprobe Slave-North-
ern Cordillera Lithospheric Evolution (SNORCLE) and 
Southern Cordillera transects, with geologic informa-
tion and the results of other geophysical surveys (Clowes 
et al., 1995, 2005; Hammer & Clowes, 2007). Figure 
10.33b shows a part of the Northern Cordillera, where 
subduction has ceased and the western side of the 
orogen is marked by a zone of active strike-slip faulting. 
Figure 10.33c shows a part of the Southern Cordillera, 
where subduction is still occurring. These transects elu-
cidate the youngest part of a four billion year history of 
subduction, arc–continent collision, and terrane accre-
tion along the western margin of North America 
(Clowes et al., 2005) (see also Section 11.4.3).

Following the amalgamation of the Canadian Shield 
during the Proterozoic (Section 11.4.3), a number of 
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Figure 10.31 Geologic relationships that help 
establish the timing of terrane amalgamation and 
accretion (redrawn from Jones et al., 1983).
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rifting events between 1.74 Ga and the Middle Devonian 
created thick passive margin sequences that were depos-
ited on top of Proterozoic crust of the North American 
craton (Thorkelson et al., 2001). These sequences 
occupy the central part of SNORCLE Line 2B/21 (Fig. 
10.33a,b). During the Middle Jurassic, a composite 

terrane, called the Intermontane Superterrane, began 
to accrete onto the continental margin. The collision 
shortened the passive margin sequences and translated 
them eastward, resulting in a major foreland fold and 
thrust belt that now forms most of the eastern Cordil-
lera. West of the foreland, the Omineca belt consists of 
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highly deformed and metamorphosed rocks of Middle 
Jurassic age that represent the suture zone created by 
the Intermontane–North American collision. A key 
result of the Northern Cordillera transect (Fig. 10.33b) 
is that most of the accreted terranes are relatively thin 
fl akes of crust with a vertical extent of less than 10 km. 
Crustal thickness is unusually low and almost uniform 
across the entire Cordillera, ranging between 33 and 
36 km (Clowes et al., 2005). Lithospheric thickness also 
is unusually thin and gradually thickens to the east 
beneath the Precambrian shield. These observations 
demonstrate that many accreted terranes lack the thick 
mantle roots that characterize most continental cratons 
(Section 11.3.1) (Plate 11.1 between pp. 244 and 245).

During the Late Cretaceous, the North American 
Cordillera again grew westward as another composite 
terrane, called the Insular Superterrane, accreted to the 
margin. This composite assemblage was exotic to North 
America and consisted mostly of two island arc ter-
ranes: Alexander and Wrangellia. The latter terrane, 
which is named after the Wrangell Mountains in Alaska 
(Jones et al., 1977), is particularly well studied and com-
prises upper Paleozoic island arc rocks overlain by thick, 
subaerial lava fl ows, and capped by a Triassic carbonate 
sequence. This distinctive geology has allowed investi-
gators to identify several fragments of the terrane 
that are now scattered along some 2500 km of the 
Cordillera, occupying a latitudinal spread of almost 24° 
(Fig. 10.32). However, some paleomagnetic data suggest 
that the original spread was 4°, implying that a large 
amount of post-accretion fragmentation and dispersal 
has occurred. The paleolatitude of the fragments is cen-
tered on 10° N or S (the hemisphere is unknown due 
to uncertainties in the polarity of the Earth’s magnetic 
fi eld during the Triassic) and is in accord with a tropical 
environment suggested by their geology. It thus appears 
that Wrangellia may have originated in the western 
Pacifi c in Triassic times near the present position of 
New Guinea. Following its formation, it appears to have 
traversed the Pacifi c as a complete entity and accreted 
to North America where it was subsequently frag-
mented and translated to its present locations by strike-
slip faulting.

The arrival of the Insular Superterrane deformed 
the interior of the North American continent and 
formed a major part of the Coast belt. Prior to and 
during the amalgamation, subduction beneath the 
margin formed the Coast Plutonic Complex (Hutchi-
son, 1982; Crawford et al., 1999; Andronicos et al., 2003) 
during a major period of crustal growth by magma 
addition. The ACCRETE marine seismic transect across 

the Coast belt (Hollister & Andronicos, 1997) (Fig. 
10.33b) shows the presence of layered, high velocity 
intrusions and a thinner than average (32 km) continen-
tal crust (Morozov et al., 1998; Hammer et al., 2000). At 
its western margin, the lithospheric-scale Coast Shear 
Zone (Klepeis et al., 1998) separates rocks of the Coast 
Plutonic Complex from those of the Alexander terrane, 
which lies on continental crust only 25 km thick. The 
Queen Charlotte Fault, which forms the boundary 
between the Pacifi c and North American plates, coin-
cides with the western boundary of the orogen. This 
transform, and the Denali Fault in the western Yukon 
and southeast Alaska, represent the only major active 
strike-slip faults in the transect.

Strike-slip displacements also accommodated some 
relative motion between the accreted terranes and 
North America in the Canadian Cordillera. One of the 
most prominent of these zones is the Tintina Fault, 
which now forms the boundary between the accreted 
terranes to the west and ancestral North America to the 
east. This fault is a major lithospheric-scale structure 
that may record several hundred kilometers of dextral 
displacement since the Paleocene (Clowes et al., 2005). 
Other major strike-slip displacements are more specula-
tive. For example, some paleomagnetic data suggest 
that, from 90 Ma to 50 Ma, many of the terranes in 
southeast Alaska and British Columbia were displaced 
several thousand kilometers northward parallel to the 
margin from a latitude near present day Baja, California 
(Umhoefer, 1987; Irving et al., 1996). This interpretation 
is known as the Baja–British Columbia or Baja–BC 
hypothesis. However, the great magnitude of the postu-
lated displacements has been disputed mainly because 
the faults along which the terranes may have moved 
great distances have not been found (e.g. Cowan et al., 
1997). Many correlations of stratigraphy and structures 
across faults suggest that the displacements are much 
less than those indicated by some paleomagnetic data. 
Numerous attempts to resolve these confl icting obser-
vations have been proposed, including: (i) tests of the 
paleomagnetic data using other types of data (Housen 
& Beck, 1999; Keppie & Dostal, 2001); (ii) determining 
reasons why strike-slip faults that record large transla-
tions are unlikely to be preserved (Umhoefer, 2000); and 
(iii) evaluating alternative correlations of units across 
terranes (Johnston, 2001). It seems probable that only 
through an interdisciplinary approach that combines 
paleomagnetic data, plate motions, paleontologic data, 
and geologic evidence will the history of large-magni-
tude terrane translation in western North America be 
resolved.
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In general, these observations from the Canadian 
Cordillera and elsewhere suggest that ancient accretion-
ary orogens are characterized by the following (Clowes 
et al., 2005):

1 An extremely heterogeneous seismic velocity 
structure in the crust, produced by both thin-
skinned and thick-skinned (Section 10.3.4) 
deformation, with the majority of terranes 
consisting of thin (<10 km thick) crustal fl akes 
and lacking the thick mantle roots that 
characterize most continental cratons. There 
are exceptions to this ‘thin fl ake’ pattern, such 
as the Stikinia terrane (Fig. 10.33b), which 
exhibits a full crustal extent. Thick-skinned belts 
commonly display crustal-scale tectonic wedges 
characterized by a complex pattern of 
indentations and interfi ngering.

2 Observed crustal thicknesses are unusually low 
(33–36 km) compared to global averages 
(Section 2.4.3) except for averages in zones of 
continental extension.

3 The Moho remains mostly fl at regardless of the 
age of crustal accretion or the age at which the 
last major tectonic deformation occurred. 
Lateral changes in crustal thickness tend to be 
gradual, with abrupt variations occurring at 
major terrane boundaries.

4 The dispersal of terranes by strike-slip faulting 
is an important process that occurs in most 
orogens. Subtle variations in seismic velocity 
and/or crustal thickness typically occur across 
these faults.

The structure of the Southern Cordillera (Fig. 
10.33c), where subduction is occurring, provides some 
additional information on the mechanisms that result 
in many of the characteristics of the northern tran-
sect at the lithospheric scale. This southern part of 
the margin shows shortening and crustal thickening 
in the forearc region and an active volcanic arc within 
the Coast belt. The mantle lithosphere shows evidence 
of hydrothermal alteration (serpentinization) in the 
upper mantle wedge beneath the arc and substantial 
thinning for several hundred kilometers toward the 
interior of the continent. This thinning of the litho-
sphere in the backarc region is similar to that observed 
in other ocean–continent convergent margins (e.g. 
Fig. 10.8) and appears to refl ect processes closely 
associated with subduction. These processes could 

include thinning by delamination or tectonic erosion 
driven by convective fl ow in the mantle (Section 
10.2.5).

At scales smaller than that of the transects shown 
in Fig. 10.33b and c, the structure of ancient accre-
tionary orogens provides a record of the processes 
involved in terrane accretion, including subduction 
and the formation of crustal-scale wedges. For example, 
seismic refl ection data collected across the Appalachian 
orogen in Newfoundland provide an image (Fig. 10.34) 
of an Ordovician-Devonian collisional zone that 
resulted when several exotic terranes accreted onto 
the margin of Laurentia (Hall et al., 1998; van der 
Velden et al., 2004). Prior to the collision, thick 
sequences of sedimentary rock were deposited on a 
passive continental margin located outboard of the 
craton. These sequences record the stretching, thin-
ning and eventual rupture (Sections 7.2, 7.7) of Pro-
terozoic continental lithosphere as the Iapetus Ocean 
opened during the Late Proterozoic and Early Cam-
brian. This rifting event was followed by a series of 
terrane collisions and accretionary cycles that formed 
the Paleozoic orogenies of the Appalachian Mountains 
(Section 11.5.4). Many of the accreted terranes, such 
as Meguma and Avalonia, were microcontinents and 
composite terranes rifted from northwestern Gond-
wana during the Early Ordovician (Section 11.5.5, Fig. 
11.24a).

The seismic refl ection data (Fig. 10.34b) show prom-
inent refl ectivity at deep levels of the Appalachian crust 
that taper westward and merge with a well-defi ned 
Moho (van der Velden et al., 2004). The shape and char-
acter of these refl ections suggest that they mark the 
location of an old Ordovician–Devonian subduction 
zone. A similar feature occurs beneath the Canadian 
Shield (Fig. 11.15b), suggesting that the preservation of 
ancient subduction channels may be relatively common. 
Above and to the east of the paleosubduction zone are 
a series of dipping thrust faults and tectonic wedges 
composed of interlayered slices of the amalgamated 
terranes. Some refl ections are truncated by a near verti-
cal strike-slip fault that cuts through the entire crust.

These and other relationships observed in the Appa-
lachians and the northern Canadian Cordillera show 
that ancient accretionary orogens tend to preserve the 
large-scale tectonics structures and lithologic contrasts 
associated with terrane accretion and dispersal. By con-
trast, active orogens such as the Andes, the Himala-
yan–Tibetan orogen, and the southern Canadian 
Cordillera produce seismic refl ection profi les whose 
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Figure 10.34 (a) Tectonic provinces of Newfoundland in eastern Canada and plot (b), and interpretation (c), of seismic 
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deep structure exhibits the effects of processes related 
to the release, trapping, and consumption of fl uids 
above a subduction zone (Figs 10.6a, 10.20b).

10.6.3 Mechanisms of 
terrane accretion

Observations from the North American Cordillera, the 
Appalachians, and many other ancient orogens suggest 
that the accretion and dispersal of terranes involves 
processes that are similar to those that occur in modern 
orogens. The regimes of active arc–continent collision 
in the southwest Pacifi c (Section 10.5), for example, 
offer excellent analogues for how a variety of tectonic 
and sedimentary terranes originate and are emplaced 
onto continental margins. In general, as the subduction 
of oceanic lithosphere brings thick sequences of conti-
nental, oceanic, and island arc material into contact 
with the trench, their positive buoyancy chokes the sub-
duction zone. Once the collision begins, the forearc and 
accretionary wedge are uplifted and are carried, or 
obducted, onto the continental margin by thrust faults. 
As subduction slows or stops, a new trench may develop 
on the oceanward side of the old one (Section 10.5) and 
the process of accretion may begin again.

Many exotic terranes appear to originate during 
rifting events associated with the formation and break-
up of the supercontinents (e.g. Fig. 11.24). Others may 
owe their origin to the abundant oceanic ridges, rises, 
and plateaux that make up about 10% of the area of the 
present ocean basins (Ben-Avraham et al., 1981). Most 
of these topographic highs represent extinct island arcs, 
submerged microcontinents, and LIPs (Section 7.4.1). 
As these features are brought to a trench, their positive 
buoyancy also may inhibit their subduction and allow 
them to be accreted as exotic terranes.

In addition to the processes described elsewhere in 
this chapter, two additional mechanisms of terrane 
accretion and continental growth deserve further 
mention: the obduction of ophiolites (Section 2.5); and 
continental growth by magmatism, sedimentation, and 
the formation and destruction of backarc, intraarc, and 
forearc basins.

The presence of ophiolitic assemblages in orogens 
provides an important marker of accretionary tectonic 
processes (Sections 2.5, 10.4.3, 11.4.3). As indicated in 
Section 2.5, models of ophiolite obduction tend to be 
quite variable, in part due to the diversity of the envi-

ronments in which these assemblages can form and the 
way in which they are uplifted and emplaced in the 
upper crust. In one postulated model, Wakabayashi & 
Dilek (2000) described how ophiolitic material in a 
backarc environment might become entrapped in a 
forearc setting prior to its obduction. This model is 
interesting because it explains how changes in the loca-
tion or polarity of subduction can result in the capture 
of material that originally formed in an environment 
different than the one in which it is emplaced. This 
mechanism also may occur at larger scales, where it can 
result in the formation of a marginal sea by the entrap-
ment of oceanic crust. Several of the present marginal 
seas for which there is no convincing evidence for 
backarc spreading (Section 9.10), such as the eastern 
Caribbean and Bering Sea, may have formed in this way 
(Ben-Avraham et al., 1981; Cooper et al., 1992).

In the Wakabayashi & Dilek (2000) model, the Coast 
Range ophiolite of western North America forms 
behind a Mesozoic island arc located offshore and above 
a subduction zone that dips to the west (Fig. 10.35a). 
Later, the island arc collides with the continent and a 
new east-dipping subduction zone initiates, capturing 
the ophiolite in the developing forearc (Fig. 10.35b,c). 
Ophiolite obduction subsequently occurs in a forearc 
setting when layers of the crust become detached and 
uplifted as a result of compression (Fig. 10.35d). The 
compression may result from any number of mecha-
nisms, including the arrival of buoyant material at the 
trench.

In addition to the collision and accretion of exotic 
terranes, signifi cant continental growth may occur by 
magma addition and sedimentation. An example of an 
accretionary orogen that has grown by more than 
700 km mainly by these latter mechanisms is the Middle 
Paleozoic Lachlan orogen of southeastern Australia 
(Foster & Gray, 2000; Collins, 2002a; Glen, 2005). This 
orogen lacks many of the features that characterize 
major collisional orogens, such as exotic terranes, the 
development of high topography, deep-seated thrust 
faults, and exposures of high pressure metamorphic 
rocks. Instead, it is dominated by a huge volume of 
granitoid rock (Fig. 10.36), volcanic sequences, and 
extensive low-grade quartz-rich turbidites that overlie 
thinned continental crust and mafi c lower crust of 
oceanic affi nity (Fergusson & Coney, 1992). Like the 
Mesozoic-Cenozoic Andes, it records a history of 
ocean–continent convergence that lasted some 200 
million years and involved many cycles of extension and 
contraction (Foster et al., 1999). Large (up to 1000 km-
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wide) extensional basins fl oored by basalt and gabbro 
were created behind one or more island arcs that even-
tually accreted onto the continental margin (Glen, 
2005). Between the volcanic rocks are the accreted parts 
of a huge submarine sediment dispersal system that 
developed along the Gondwana margin during the early 
Paleozoic. Diachronous pulses of contractional and 
strike-slip deformation followed each extensional cycle, 
generating upright folds and overprinting cleavages in a 
series of thrust wedges in the upper 15 km of the crust. 
This style of shortening did not lead to the development 
of a well-defi ned foreland basin nor a foreland fold and 
thrust belt of the type seen in the central Andes (Fig. 
10.5) and the Himalaya (Figs 10.19, 10.20). Instead, it 
was controlled by the thick (10 km) succession of turbi-
dites and locally high geothermal gradients. These rela-

tionships suggest that orogenesis and crustal growth in 
the Lachlan orogen were dominated by magmatism and 
the recycling of continental detritus during cycles of 
extension and contraction that lasted from Late Ordovi-
cian through early Carboniferous times.

Cycles of backarc and intra-arc extension, such as 
those that occurred in the Lachlan orogen, generate 
thin, hot lithosphere that may localize deformation 
during subsequent phases of contraction, collision, and 
orogeny (Hyndman et al., 2005). Collins (2002b) illus-
trated this process in a model of orogenesis involving 
the formation and closure of autochthonous backarc 
basins (Section 9.10) above a long-lived subduction 
zone. The model begins with a zone of intra-arc exten-
sion that evolves in response to the roll back (Section 
9.10) of a subducting slab (Fig. 10.37a). This setting 
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Figure 10.37 Model showing the evolution of the Lachlan Orogen of southeast Australia through accretionary 
tectonics involving the creation and destruction of backarc basins above an ocean–continent subduction zone (after 
Collins, 2002a, with permission from the Geological Society of America). (a) Intra-arc extension due to the roll-back of a 
subducting slab. (b) Backarc basin and remnant arc form. (c) Subduction zone fl attens and the upper plate of the 
orogen is thrown into compression. Contraction and crustal thickening are focused in the thermally softened backarc. 
(d) Extension is re-established and a new arc–backarc system forms.



OROGENIC BELTS 345

is analogous to the present day Taupo volcanic zone 
of the North Island, New Zealand. As the arc splits 
apart and migrates away from the trench, a backarc 
basin and remnant arc form (Fig. 10.37b), leading 
to subsidence and crustal thinning. Decompression 
melting (Section 9.8) in the upper mantle wedge 
beneath the backarc region generates basaltic crust as 
mafi c magma underplates and intrudes the thinned 
crust. Next, the subduction zone fl attens and the upper 
plate of the orogen is thrown into compression, pos-
sibly as a result of the arrival of an oceanic plateau 
or island arc at the subduction zone (Fig. 10.37c). This 
stage also may be analogous to the regime of fl at slab 
subduction and contraction that characterizes part of 
the Andes (Section 10.2.2). Contractional deformation 
and crustal thickening are focused in the thermally 
softened backarc region. The contraction closes the 

backarc basins and may lead to the accretion of the 
arc and forearc onto the continental margin. If a thick 
sequence of sediment has infi lled the basin, a hot 
short-lived (∼10 Ma) narrow orogen forms. Once the 
oceanic plateau has subducted, extension is re-estab-
lished and a new arc–backarc system forms along the 
margin (Fig. 10.37d).

Models of accretionary orogens such as this, while 
speculative, illustrate how some continental margins 
may grow in the absence of major collisional events. 
Another example of a margin that appears to have 
grown by accretionary mechanisms is preserved in the 
Mesozoic history of Baja, California (Busby, 2004). 
Here, as in the Lachlan orogen, extension above a sub-
duction zone created buoyant arc, forearc, and ophiolite 
terranes that accreted onto the upper plate during con-
vergence, resulting in signifi cant continental growth.
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11.1 INTRODUCTION

The relatively fl at, stable regions of the continents 
contain remnants of Archean crust that formed some 
4.4 to 2.5 billion years ago (Plate 11.1a between pp. 
244 and 245). The formation of these cratonic nucleii 
marks the transition from an early Earth that was 
so hot and energetic that no remnants of crust were 
preserved, to a state where crustal preservation became 
possible. Most of the cratons are attached to a high 
velocity mantle root that extends to depths of at 
least 200 km (King, 2005) (Plate 11.1b,c between 
pp. 244 and 245). These cratonic roots are composed 
of stiff and chemically buoyant mantle material 
(Section 11.3.1) whose resistant qualities have con-
tributed to the long-term survival of the Archean 
continental lithosphere (Carlson et al., 2005).

The beginning of the Archean Eon approximately 
coincides with the age of the oldest continental crust. 
A conventional view places this age at approximately 
4.0 Ga, which coincides with the age of the oldest rocks 
found so far on Earth: the Acasta gneisses of the Slave 
craton in northwestern Canada (Bowring & Williams, 
1999). However, >4.4 Ga detrital zircon minerals found 
in the Yilgarn craton of Western Australia (Wilde et 
al., 2001) suggest that some continental crust may have 
formed as early as 4.4–4.5 Ma, although this interpre-
tation is controversial (Harrison et al., 2005, 2006; Valley 
et al., 2006). Because evidence for continental crust 
and the ages of the oldest known rocks and minerals 
continually are being pushed back in time, the Archean 
has no defi ned lower boundary (Gradstein et al., 2004). 
The end of the Archean, marking the beginning of 
the Proterozoic Eon, approximately coincides with 
inferred changes in the tectonic style and the petrologic 
characteristics of Precambrian rocks. It is these infer-
ences that are central to a debate over the nature of 
tectonic activity in Precambrian times. Among the most 
important issues are whether some form of plate tec-
tonics was operating in the early Earth and, if so, 
when it began. Current evidence (Sections 11.3.3, 
11.4.3) suggests that plate tectonic mechanisms, includ-
ing subduction, were occurring at least by 2.8–2.6 Ga 
and possibly much earlier (van der Velden et al., 2006; 
Cawood et al., 2006).

In considering the nature of Precambrian tectonic 
processes, three approaches have been adopted (Kröner, 
1981; Cawood et al., 2006). First, a strictly uniformitar-

ian approach is taken in which the same mechanisms of 
plate tectonics that characterize Phanerozoic times are 
applied to the Precambrian cratons. This approach is 
common in the interpretation of Proterozoic belts, 
although it also has been applied to parts of the Archean 
cratons. Second, a modifi ed uniformitarian approach 
can be postulated in which plate tectonic processes in 
the Precambrian were somewhat different from present 
because the physical conditions affecting the crust and 
mantle have changed throughout geologic time. This 
approach has been used in studies of both Archean and 
Early Proterozoic geology. Third, alternatives to plate 
tectonic mechanisms can be invoked for Precambrian 
times. This latter, nonuniformitarian approach most 
often is applied to the Early and Middle Archean. Each 
of these three approaches has yielded informative 
results.

11.2 PRECAMBRIAN 
HEAT FLOW

One of the most important physical parameters to 
have varied throughout geologic time is heat fl ow. 
The majority of terrestrial heat production comes 
from the decay of radioactive isotopes dispersed 
throughout the core, mantle, and continental crust 
(Section 2.13). Heat fl ow in the past must have been 
considerably greater than at present due to the expo-
nential decay rates of these isotopes (Fig. 11.1). For 
an Earth model with a K/U ratio derived from mea-
surements of crustal rocks, the heat fl ow in the crust 
at 4.0 Ga would have been three times greater than 
at the present day and at 2.5 Ga about two times 
the present value (Mareschal & Jaupart, 2006). For 
K/U ratios similar to those in chondritic meteorites, 
which are higher than those in crustal rocks, 
the magnitude of the decrease would have been 
greater.

The increased heat fl ow in Archean times implies 
that the mantle was hotter in the younger Earth than 
it is today. However, how much hotter and whether 
a hotter mantle caused young continental lithosphere 
to be much warmer than at present is uncertain. 
This uncertainty arises because there is no direct way 
to determine the ratio of heat loss to heat produc-
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tion in the early Earth. If the heat loss mostly occurred 
by the relatively ineffi cient mechanism of conduction 
then the lithosphere would have been warmer. 
However, if the main mechanism of heat loss was 
convection beneath oceanic lithosphere, which is very 
effective at dissipating heat, then the continental 
lithosphere need not have been much hotter (Lenardic, 
1998). Clarifying these aspects of the Archean thermal 
regime is essential in order to reconstruct tectonic 
processes in the ancient Earth and to assess whether 
they were different than they are today.

Another part of the challenge of determining the 
Precambrian thermal regime is to resolve an apparent 
inconsistency that comes from observations in the 
crust and mantle parts of Archean lithosphere. Geo-
logic evidence from many of the cratons, including 
an abundance of high temperature/low pressure met-
amorphic mineral assemblages and the intrusion of 
large volumes of granitoids (Section 11.3.2), suggest 
relatively high (500–700 or 800°C) temperatures in 
the crust during Archean times, roughly similar to 

those which occur presently in regions of elevated 
geotherms. By contrast, geophysical surveys and iso-
topic studies of mantle nodules suggest that the cra-
tonic mantle is strong and cool and that the geotherm 
has been relatively low since the Archean (Section 
11.3.1). Some of the most compelling evidence of 
cool mantle lithosphere comes from thermobaromet-
ric studies of silicate inclusions in Archean diamonds, 
which suggest that temperatures at depths of 150–
200 km during the Late Archean were similar to the 
present-day temperatures at those depths (Boyd et al., 
1985; Richardson et al., 2001). Although geoscientists 
have not yet reconciled this apparent inconsistency, 
the relationship provides important boundary condi-
tions for thermal models of Archean and Proterozoic 
tectonic processes.

In addition to allowing estimates of ancient mantle 
geotherms, the evidence from mantle xenoliths indi-
cates that the cool mantle roots beneath the cratons 
quickly reached their current thickness of ≥200 km 
during Archean times (Pearson et al., 2002; Carlson et 
al., 2005). This thickness is greater than that of old 
oceanic lithosphere but much thinner than it would be 
if the lithosphere simply had cooled from above by 
conduction since the Archean (Sleep, 2005). Progressive 
thickening by conductive cooling also can be ruled out 
because the mantle roots do not display an age progres-
sion with depth (James & Fouch, 2002; Pearson et al., 
2002). Instead, the relatively small thickness and long-
term preservation of the cratonic roots indicate that 
they must have been kept thin by convective heat trans-
fer from the underlying mantle (Sleep, 2003). Once the 
cratonic roots stabilized, the heat supplied to the base 
of the lithosphere from the rest of the mantle must have 
been balanced by the heat that fl ows upward to the 
surface. In this model, a chemically buoyant layer of 
lithosphere forms a highly resistant lid above the con-
vecting mantle, allowing it to maintain nearly constant 
thickness over time. These considerations illustrate how 
the formation and long-term survival of the cool mantle 
roots beneath the cratons has helped geoscientists 
constrain the mechanisms of heat transfer during 
Precambrian times.

Differences in the inferred mechanism of heat loss 
from the Earth’s interior have resulted in contrasting 
views about the style of tectonics that may have oper-
ated during Precambrian times (e.g. Hargraves, 1986; 
Lowman et al., 2001; van Thienen et al., 2005). A con-
ventional view suggests that an increased heat supply in 
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Fig. 11.1 Variation of surface heat fl ow with time. Solid 
line, based on a chondritic model; dashed line, based 
on a K/U ratio derived from crustal rocks (redrawn from 
McKenzie & Weiss, 1975, with permission from Blackwell 
Publishing).
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the Archean mantle could be dissipated by increasing 
the length of ocean ridge systems or by increasing the 
rate of plate production with respect to the present 
(Bickle, 1978). Hargraves (1986) concluded that heat 
loss through the oceanic lithosphere is proportional to 
the cube root of the total length of the mid-ocean ridge. 
Assuming a nonexpanding Earth (Section 12.3), the 
increased rate of plate production implies a similar 
increase in plate subduction rate. These computations 
suggest that some form of plate tectonics was taking 
place during the Precambrian at a much greater rate 
than today. The fast rates suggest an image of the solid 
surface of the early Earth where the lithosphere was 
broken up into many small plates that contrasts with 
the relatively few large plates that exist presently. This 
interpretation is consistent with the results of numeri-
cal models of mantle convection, which show that small 
plates are capable of releasing more heat from the 
Earth’s interior than large plates (Lowman et al., 
2001).

More recent calculations have disputed this con-
ventional view, at least for the Late Archean. Van 
Thienen et al. (2005) suggested that the increased 
heat fl ux from the Archean mantle could have been 
dissipated by thinning the lithosphere and thereby 
increasing the heat fl ow through the lithosphere. 
These authors concluded that for a steadily (expo-
nentially) cooling Earth, plate tectonics is capable 
of removing all the required heat at a plate tectonic 
rate comparable to or lower than the current rate 
of operation. This result is contrary to the notion 
that faster spreading would be required in a hotter 
Earth to be able to remove the extra heat (e.g. 
Bickle, 1978). It also suggests that reduced slab pull 
and ridge push forces in a hotter mantle would 
result in a slower rate of plate tectonics compared 
to the modern Earth. Korenaga (2006) showed that 
a more sluggish style of plate tectonics during 
Archean times satisfi es all the geochemical constraints 
on the abundance of heat-producing elements in 
the crust and mantle and the evidence for a gradual 
cooling of the mantle with time in the framework 
of whole mantle convection. This result removes 
the thermal necessity of having extensive ocean 
ridges and/or rapid spreading and subduction. It 
must be appreciated, however, that thermal condi-
tions during Archean times are quite conjectural, 
so that these and other alternative interpretations 
remain speculative.

11.3 ARCHEAN 
TECTONICS

11.3.1 General characteristics 
of cratonic mantle lithosphere
A defi ning characteristic of the cratonic mantle litho-
sphere is a seismic velocity that is faster than normal 
subcontinental mantle to depths of at least 200 km and 
locally to depths of 250–300 km (Plate 11.1b,c between 
pp. 244 and 245). Many Proterozoic belts lack these fast 
velocity anomalies at similar depths. In addition, 
Archean cratons are characterized by the lowest surface 
heat fl ow of any region on Earth, with a heat fl ux that 
is lower than adjacent Proterozoic and Phanerozoic 
crust by some 20 mW m−2 (Jaupart & Mareschal, 1999; 
Artemieva & Mooney, 2002). Isotopic age determina-
tions and Re-Os studies of mantle nodules (Pearson et 
al., 2002; Carlson et al., 2005) confi rm that the mantle 
roots are Archean in age and indicate that most have 
remained thermally and mechanically stable over the 
past 2–3 Ga. These observations indicate that the roots 
of the Archean cratons are cool, strong, and composi-
tionally distinct from the surrounding mantle.

In the ocean basins, the base of the oceanic litho-
sphere is marked by a strong decrease in the velocity of 
shear waves at depths generally less than 100 km beneath 
the crust (Sections 2.8.2, 2.12). Similar low velocity 
zones occur under tectonically active continental 
regions, such as the Basin and Range Province, but 
beneath the stable cratons low velocity zones are either 
extremely weak or entirely absent (Carlson et al., 2005). 
Consequently the base of the continental lithosphere is 
not well defi ned by seismological data. With increasing 
depth the high seismic velocities of the stable litho-
sphere gradually approach those of the convecting 
mantle across a broad, ill-defi ned transition zone below 
200 km. Thermal modeling and geochemical data from 
mantle xenoliths have helped to defi ne the location of 
the lithosphere–asthenosphere boundary. The results 
suggest that the base of the continental lithosphere is 
deepest (∼250 km) in undisturbed cratonic areas and 
shallowest (∼180 km) beneath Phanerozoic rifts and 
orogens (O’Reilly et al., 2001). This determination is in 
general agreement with seismic observations.
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In addition to being cool and strong, studies of 
mantle xenoliths indicate that the Archean mantle roots 
are chemically buoyant and highly depleted in incom-
patible elements (O’Reilly et al., 2001; Pearson et al., 
2002). When mantle melting occurs elements such as 
calcium, aluminum and certain radiogenic elements are 
concentrated into and extracted by the melt whereas 
other elements, particularly magnesium, selectively 
remain behind in the solid residue. Those elements that 
concentrate into the melt are known as incompatible 
(Section 2.4.1). Both buoyancy and chemical depletion 
are achieved simultaneously by partial melting and melt 
extraction, which, in the case of the mantle lithosphere, 
has left behind a residue composed of Mg-rich harzbur-
gites, lherzolites, and peridotite (O’Reilly et al., 2001). 
Eclogite also appears to be present in the cratonic litho-
sphere. However, high velocity bodies consistent with 
large, dense masses of eclogite have not been observed 
in the continental mantle (James et al., 2001; Gao et al., 
2002). An inventory of mantle xenoliths from the 
Kaapvaal craton suggests that eclogite reaches abun-
dances of only 1% by volume in the continental mantle 
(Schulze, 1989). These characteristics have resulted in 
the mechanical and thermal stability of the cratons for 
up to three billion years (Section 11.4.2).

11.3.2 General geology of 
Archean cratons

Archean cratons expose two broad groups of rocks that 
are distinguished on the basis of their metamorphic 
grade: greenstone belts and high grade gneiss terrains 
(Windley, 1981). Both groups are intruded by large 
volumes of granitoids. Together these rocks form the 
Archean granite-greenstone belts. The structure and com-
position of these belts provide information on the 
origin of Archean crust and the evolution of the early 
Earth.

The greenstones consist of metavolcanic and 
metasedimentary rocks that exhibit a low pressure 
(200–500 MPa), low temperature (350–500°C) regional 
metamorphism of the greenschist facies. Their dark 
green color comes from the presence of minerals that 
typically occur in altered mafi c (i.e. Mg- and Fe-rich) 
igneous rock, including chlorite, actinolite, and epidote. 
Three main stratigraphic groups are recognized within 
greenstone belts (Windley, 1981). The lower group is 
composed of tholeiitic and komatiitic lavas. Komatiites, 

named after the Komati Formation in the Barberton 
Greenstone belt of the Kaapvaal craton, South Africa 
(Viljoen & Viljoen, 1969), are varieties of Mg-rich basalt 
and ultramafi c lava that occur almost exclusively in 
Archean crust. The high Mg content (>18 wt% MgO) of 
these rocks (Nisbet et al., 1993; Arndt et al., 1997) com-
monly is used to infer melting temperatures that are 
higher than those of modern basaltic magmas (Section 
11.3.3). The central group contains intermediate and 
felsic volcanic rocks whose trace and rare earth ele-
ments are similar to those found in some island arc 
rocks. The upper group is composed of clastic sedi-
ments, such as graywackes, sandstones, conglomerates, 
and banded iron formations (BIFs). These latter rocks 
are chemical-sedimentary units consisting of iron oxide 
layers that alternate with chert, limestone, and silica-
rich layers (see also Section 13.2.2).

High-grade gneiss terrains typically exhibit a low 
pressure, high temperature (>500°C) regional metamor-
phism of the amphibolite or granulite facies (Section 
9.9). These belts form the majority of the area of 
Archean cratons. A variety of types commonly are 
displayed, including quartzofeldspathic gneiss of mostly 
granodiorite and tonalite composition, layered 
peridotite-gabbro-anorthosite or leucogabbro-anortho-
site complexes, and metavolcanic amphibolites and 
metasediment (Windley, 1981). Peridotite (Sections 
2.4.7, 2.5) is an ultramafi c rock rich in olivine and pyrox-
ene minerals. Leucogabbro refers to the unusually light 
color of the gabbroic rock due to the presence of pla-
gioclase. Anorthosites are plutonic rocks consisting of 
>90% plagioclase and have no known volcanic equiva-
lents. These latter rocks occur exclusively in Archean and 
Proterozoic crust. Most authors view Archean anortho-
sites as having differentiated from a primitive magma, 
such as a basalt rich in Fe, Al and Ca elements or, pos-
sibly, a komatiite (Winter, 2001). High-grade gneiss ter-
rains are highly deformed and may form either 
contemporaneously with, structurally below, or adjacent 
to the low-grade greenstone belts (Percival et al., 1997).

The granitoids that intrude the greenstones and 
high-grade gneisses form a compositionally distinctive 
group known as tonalite-trondhjemite-granodiorite, or 
TTG, suites (Barker & Arth, 1976). Tonalites (Section 
9.8) and trondhjemites are varieties of quartz diorite 
that typically are defi cient in potassium feldspar. These 
igneous suites form the most voluminous rock associa-
tions in Archean crust and represent an important step 
in the formation of felsic continental crust from the 
primordial mantle (Section 11.3.3).
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11.3.3 The formation of 
Archean lithosphere

The distinctive composition and physical properties of 
the stiff, buoyant mantle roots beneath the cratons 
(Section 11.3.1) result from the chemical depletion and 
extraction of melts from the primitive mantle. These 
two processes lowered the density and increased the 
viscosity of the residue left over from partial melting 
and resulted in a keel that consists mostly of high-Mg 
olivine and high-Mg orthopyroxene (O’Reilly et al., 
2001; Arndt et al., 2002). Both of these components are 
absent in fertile (undepleted) mantle peridotite and are 
rare in the residues of normal mantle melting, such as 
that which produces modern oceanic crust and oceanic 
islands. Consequently, most workers have concluded 
that the distinctive composition is related to unusually 
high degrees (30–40%) of mantle melting over a range 
(4–10 GPa) of mantle pressures (Pearson et al., 2002; 
Arndt et al., 2002). High-degree partial melting of 
mantle peridotite produces magma of komatiitic 
(Section 11.3.2) composition and a solid residue that is 
very similar to the composition of Archean lithospheric 
mantle (Herzberg, 1999; Arndt et al., 2002).

One radiometric system that has been of consider-
able use in determining when melt extraction and 
Archean root formation occurred involves the decay of 
187Re to 188Os (Walker et al., 1989; Carlson et al., 2005). 
The key feature of this isotopic system is that Os is 
compatible during mantle melting and Re is moderately 
incompatible. Consequently, any residue left behind 
after melt extraction will have a lower Re and a higher 
Os concentration than in either the mantle melts or the 
fertile mantle. This characteristic allows Re-Os isotope 
analyses of mantle xenoliths to yield information on the 
age of melt extraction. The data from mantle xenoliths 
show that the oldest melting events are Early–Middle 
Archean in age. Signifi cant amounts of lithospheric 
mantle also formed in Late Archean times and are asso-
ciated with voluminous mafi c magmatism (Pearson 
et al., 2002).

Although high-degree partial melting undoubtedly 
occurred, this process alone cannot explain the origin 
of the Archean mantle lithosphere. The main reason for 
this conclusion is that the abundance of komatiite 
found in the Archean crustal record is much too low to 
balance the amount of highly depleted peridotite found 
in the cratonic mantle (Carlson et al., 2005). This imbal-
ance suggests that either a large proportion of komati-

itic magma never reached the surface or other processes 
must have contributed to root formation. One of these 
processes is an effi cient sorting mechanism that concen-
trated the unusual components of the Archean mantle 
lithosphere at the expense of all others (Arndt et al., 
2002). The most likely driving force of the sorting is the 
buoyancy and high viscosity of high-Mg olivine and 
orthopyroxene, although exactly how this happened is 
uncertain. The density and viscosity of these minerals 
depends upon their Mg–Fe ratios and water content, 
respectively; which are lower in Archean mantle litho-
sphere compared to normal asthenospheric mantle. 
Arndt et al. (2002) considered three processes that could 
have resulted in the mechanical segregation and accu-
mulation of a layer of buoyant, viscous mantle near the 
Earth’s surface during Archean times. First, upwelling 
buoyant residue in the core of a mantle plume could 
have separated from the cooler, denser exterior and 
accumulated during ascent (Fig. 11.2a). In this model, 
melting begins at high pressure (∼200 km depth) and 
continues to shallow depths, by which point melt 
volumes are high and the dense residue of early, low-
degree melting is swept away by mantle fl ow. Second, 
buoyant residue could have segregated slowly as mate-
rial was transported down subduction zones and recy-
cled through the mantle in convection cells (Fig. 11.2b). 
Third, some subcontinental lithosphere could be the 
remnants of an initial crust that crystallized in an 
Archean magma ocean that formed during the fi nal 
stages of Earth accretion (Fig. 11.2c). In all three cases, 
buoyant, viscous material rises and is separated from 
higher density residue during mantle fl ow. Whether 
some combination of these or other processes helped 
to form the cratonic keels is highly speculative. Never-
theless, they illustrate how several different mechanisms 
could have concentrated part of the residue of mantle 
melting into a near-surface layer.

In addition to high-degree partial melting and effi -
cient sorting, most authors also have concluded that the 
formation and evolution of mantle lithosphere involved 
a multi-stage history involving many tectonic and mag-
matic events (James & Fouch, 2002). However, opinions 
are divided over whether root construction preferen-
tially involved the underthrusting and stacking of sub-
ducted oceanic slabs (Carlson et al., 2005), the accretion 
and thickening of arc material (Lee, 2006), or the extrac-
tion of melt from hot mantle plumes (Wyman & 
Kerrich, 2002). By applying a range of criteria some 
geologic studies have made compelling cases that 
ancient mantle plumes played a key role in the 
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evolution of Archean lithosphere (Tomlinson & Condie, 
2001; Ernst et al., 2005). Data from seismic profi les, 
geochronologic studies, and isotopic analyses indicate 
that many roots were affected by large pulses of mafi c 
magmatism during the Late Archean (Wyman & 
Kerrich, 2002; James & Fouch, 2002). Other studies, 
however, have emphasized a subduction zone setting to 
explain the evolution of Archean mantle lithosphere. 
Most of the cratons display evidence for the signifi cant 
modifi cation of cratonic roots by terrane collisions and 
thickening during at least some stage in their history 
(James & Fouch, 2002; Schmitz et al., 2004). In support 
of a subduction zone mechanism, a Late Archean (2.8–
2.6 Ga) fossil subduction zone (Fig. 11.3) has been found 
within the Abitibi craton in northern Canada using 
seismic data (Calvert & Ludden, 1999; van der Velden 
et al., 2006). Nevertheless, it is important to recognize 

that Archean mantle roots probably resulted from more 
than one tectonic environment and that no single 
setting or event is applicable to all cases.

The distinctive rock associations that comprise 
granite-greenstone belts (Section 11.3.2) provide 
another important means of evaluating the mecha-
nisms that contributed to the formation and evolution 
of Archean lithosphere. One of the key questions to 
answer is whether the komatiitic and tholeiitic lavas that 
form the majority of the greenstones formed in envi-
ronments that were broadly similar to modern tectonic 
environments. For example, if these lavas loosely rep-
resent the Archean equivalent of modern mid-ocean 
ridge basalts, as is commonly believed, then they might 
be used to infer that much of the volcanism in Archean 
times involved the creation and destruction of ocean 
crust (Arndt et al., 1997). However, one of the problems 
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(b) Model 2: Segregation of recycled refractory residue

Oceanic plateau

Extraction and
accumulation of
recycled refractory
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Crust

Flotation and/or
in-situ crystallization
of ol � opx

Liquid interior
of magma ocean

(c) Model 3: Preservation of remnants of the crust of
      a magma ocean

Primitive crust or lithosphere

Fig. 11.2 (a–c) Three possible mechanisms that could allow the segregation and accumulation of high-Mg olivine and 
orthopyroxene near the surface of the Earth (after Arndt et al., 2002, with permission from the Geological Society of 
London).
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with these comparisons is that no chemically unaltered, 
complete example of Archean ocean crust is preserved. 
In addition, the Archean mantle was hotter by some 
amount than the modern mantle (Section 11.2), which 
undoubtedly infl uenced the compositions, source 
depths, and patterns of the volcanism (Nisbet et al., 
1993). These problems have complicated interpreta-
tions of the processes that produced and recycled 
Archean crust and how they may differ from those in 
modern environments.

Most authors have concluded that the high magne-
sium contents and high degrees of melting associated 
with the formation of komatiites refl ect melting tem-
peratures (1400–1600°C) that are higher than those of 
modern basaltic magmas (Nisbet et al., 1993). Exactly 
how much hotter, however, is problematic. Parman 
et al. (2004) proposed a subduction-related origin for 
these rocks similar to that which produced boninites in 
the Izu-Bonin-Mariana island arc (Fig. 11.4). Boninites 
are high-Mg andesites that are thought to result from 
the melting of hydrous mantle in anomalously hot 
forearc regions above young subduction zones (Craw-
ford et al., 1989; Falloon & Danyushevsky, 2000). If the 
komatiites were produced by the melting of hydrous 
mantle, then the depth of melting could have been 
relatively shallow, as in subduction zones, and the 
Archean mantle need only be slightly hotter (∼100°C) 
than at present (Grove & Parman, 2004). In this inter-
pretation, shallow melting and subduction result in the 
formation and thickening of highly depleted mantle 
lithosphere that some time later is incorporated into the 
cratonic mantle below a continent.

Alternatively, if the source rocks of komatiites were 
dry then high ambient temperatures in the Archean 

Moho

Sh Sh

S

Moho

0

4

8

12

16

S N

20

Moho

Sh

Abitibi greenstone domain

100 km
W-E offset

Opatica gneiss-plutonic domain

Sh

S

MohoT
im

e 
(s

)

km

0 50

Fig. 11.3 Seismic refl ection profi le of the Opatica–Abitibi belt in the Superior Province of northern Canada (modifi ed 
from van der Velden et al., 2006, by permission of the American Geophysical Union. Copyright © 2006 American 
Geophysical Union). Interpretation is modifi ed from Calvert et al. (1995), Lacroix & Sawyer (1995), and Calvert & Ludden 
(1999). S, fossil subduction zone; Sh, shingle refl ections suggesting imbricated material in the middle crust.

(a) Subduction initiation

(b) Mature subduction zone

(c) Subduction termination – continent collision

Highly depleted mantle lithosphere

continent

continent

continent

continent

Komatiitic crust

Calc-alkaline arc magmas

Fig. 11.4 Conceptual model for the generation of 
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melting produces komatiitic magma in a forearc setting. 
(b) Mature subduction cools and hydrates residual 
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mantle would have caused melting to begin at depths 
that were much greater than occurs in subduction 
zones, possibly in upwelling mantle plumes or at unusu-
ally deep levels (∼200 km) beneath mid-ocean ridges. 
The greater depths of melting would produce large 
volumes of basalt and oceanic crust that was much 
thicker (20–40 km) than it is today (Bickle et al., 1994). 
Evidence of large volumes of mafi c magma and high 
eruption rates have suggested that oceanic plateaux and 
continental fl ood basalts are the best modern analogues 
for such thick mafi c crust and invites comparisons with 
Phanerozoic LIPs (Section 7.4.1) (Arndt et al., 1997, 
2001). In this latter context, the differences between the 
modern and ancient rocks are explained by variations 
in the depth of melting and in the effects of a thick 
overriding lithosphere (Fig. 11.5). These and a variety 
of other models (Fig. 11.6) illustrate how information 
on the depth and source of the melting that produced 
komatiites has important consequences for both the 
tectonic setting and the thermal evolution of the early 
Earth.

A variety of tectonic models also have been postu-
lated for the origin of Archean continental crust. 
Windley (1981) noted the geologic and geochemical 
similarities between Archean tonalite-trondhjemite-
granodiorite (TTG) suites and exhumed granitoids 
associated with Andean-type subduction zones (Section 
9.8). He considered this to be an environment in which 
voluminous quantities of tonalite can be produced, and 
concluded that this represents a reasonable analogue for 
the formation of these rocks in Archean times. Subse-
quent work has led to a general consensus that these 
subduction models are applicable to the Late Archean. 
However, their applicability to Early and Middle 
Archean times when thick oceanic crust may have inhib-
ited subduction is more controversial. As an alternative 
to subduction, Zegers & van Keken (2001) postulated 
that TTG suites formed by the removal and sinking of 
the dense, lower part of thick oceanic plateaux. The 
peeling away, or delamination, of a dense eclogite root 
results in uplift, extension, and partial melting to 
produce TTG suite magmas. This process could have 
returned some oceanic material into the mantle and 
may have accompanied collisions among oceanic ter-
ranes in Early–Middle Archean times. However, the 
possible absence of subduction creates a problem 
in that, assuming a nonexpanding Earth (Section 12.3), 
a high rate of formation of oceanic lithosphere 
during these times must have been accompanied 
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by a mechanism by which oceanic lithosphere also was 
destroyed at high rates.

An important aspect of the origin of TTG suites is 
the type of source material that melted to produce the 
magma. Early petrologic studies suggested that these 
magmas could result from the partial melting of sub-
ducted oceanic crust in the presence of water (Martin, 
1986). However, more recent work has emphasized 
other sources, including the lower crust of arcs and the 
base of thick oceanic plateaux (Smithies, 2000; Condie, 
2005a). The importance of the source material is illus-
trated by a two-stage model proposed by Foley et al. 
(2003). This model envisages that during the Early 
Archean, oceanic crust was too thick to be subducted 
as a unit, and so its lowermost parts delaminated and 
melted (Fig. 11.7a). These lower roots are inferred to 
have been pyroxenites that were produced by the meta-
morphism of ultramafi c cumulate layers. The melting 
of the pyroxenite did not favor the generation of TTG 

melts but produced basaltic melts instead. As the oceanic 
crust cooled and became thinner, a point was reached 
in the Late Archean when the entire crust could subduct 
(Fig. 11.7b). At this time hydrothermally altered crust, 
such as amphibolite, was introduced into subduction 
zones and led to the widespread formation of TTG 
suites. This model supports the view that the formation 
of the earliest continental crust requires subduction and 
the melting of a hydrous mafi c source.

11.3.4 Crustal structure

Granite-greenstone belts display a variety of structural 
styles and outcrop patterns, many of which also occur 
in Phanerozoic orogens (Kusky & Vearncombe, 1997). 
Those common to both Archean and Phanerozoic belts 
include large tracts of metamorphosed igneous and 
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sedimentary rock that are deformed by thrust faults and 
strike-slip shear zones (e.g. Figs 10.13, 10.19). Another 
pattern, commonly referred to as a dome-and-keel 
architecture, occurs exclusively in Archean crust. This 
latter structural style forms the focus of the discussion 
in this section.

Dome-and-keel provinces consist of trough-shaped 
or synclinal keels composed of greenstone that sur-
round ellipsoidal and ovoid-shaped domes composed 
of gneiss, granitoid, and migmatite (Section 9.8). The 
contacts between domes and keels commonly are 
high-grade ductile shear zones. Marshak et al. (1997) 
distinguished between two types of these provinces. 
One type has keels composed of greenstones and 
their associated metasedimentary strata (Section 
11.3.2) and domes composed of granitoid rock that 
is similar in age or slightly younger than the green-
stones. The other type has domes of mostly gneissic 
and migmatitic basement rock and keels composed 
of greenstones that are younger than the dome 
rocks.

The Eastern Pilbara craton of northwestern Aus-
tralia (Fig. 11.8) is one of the oldest and best pre-
served examples of a granite-greenstone belt and 

dome-and-keel province with a history spanning 3.72–
2.83 Ga (Collins et al., 1998; Van Kranendonk et al., 
2002, 2007). The craton exposes nine granitoid domes 
with diameters ranging from 35 km to 120 km. Studies 
of seismic refraction data and gravity and magnetic 
anomalies (Wellman, 2000) indicate that the margins 
of the domes are generally steep and extend to mid-
crustal depths of ∼14 km. Despite their simple out-
lines, the internal structure of the domes is complex. 
Each contains remnants of 3.50–3.43 Ga TTG suite 
granitoids (Section 11.3.2) that are intruded by 
younger (3.33–2.83 Ga) more potassic igneous suites 
(Fig. 11.9a). The domes display compositional zona-
tions and variable degrees of deformation. In many 
cases, the youngest bodies are located in the cores of 
the domes with older, more deformed granitoids at 
the margins. This internal structure indicates that 
each dome was constructed through the emplace-
ment of many intrusions over hundreds of millions 
of years and that deformation accompanied the 
magmatism.

Between the granitoid domes are synclinal tracts of 
greenstone composed of dipping volcanic and sedimen-
tary sequences up to 23 km thick (Van Kranendonk 
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et al., 2002). Successive groups of these strata were 
deposited in autochthonous basins that developed on 
synclines of older greenstones. Episodes of felsic volca-
nism in these belts accompanied emplacement of the 
granitoid domes. The degree of metamorphism and 
the age of the strata gradually decrease away from the 
deformed margins of the domes and toward the cores 
of synclines where the greenstones are only weakly 
deformed. These weakly deformed areas preserve the 
delicate Archean stromatolites and other evidence of 
early life (Buick, 2001). The geometry of the synclines 
between the domes creates a high amplitude (∼15 km), 
long wavelength (120 km) dome-and-keel structure that 
developed throughout the entire history of the Eastern 
Pilbara.

The contacts between the granitoid domes and the 
greenstones in the Eastern Pilbara vary from being 
intrusive to unconformities, ring faults and high grade 
shear zones. The shear zones and ring faults are con-
centric about the domes and generally display steep to 
subvertical orientations (Figs 11.8, 11.9b,c). Many of 
these shear zones, including the Mt. Edgar Shear Zone, 
formed during the period 3.32–3.30 Ga (Van Kranen-
donk et al., 2007). The central part of the craton con-
tains a 5- to 15-km-wide zone of ductile deformation 
called the Lalla Rookh–Western Shaw structural corri-
dor (Fig. 11.8). This zone formed during a period 
(∼2.94 Ga) of contraction and is characterized by mul-
tiple generations of folds and ductile rock fabrics (Van 
Kranendonk & Collins, 1998).

11.3.5 Horizontal and 
vertical tectonics

The origin of the unique dome-and-keel architecture of 
the Archean cratons (Section 11.3.4) is important for 
understanding the nature of Archean tectonics. In 
general, interpretations can be divided into contrasting 
views about the relative roles of vertical and horizontal 
displacements in producing this pattern. The Eastern 
Pilbara craton in western Australia illustrates how verti-
cal and horizontal tectonic models have been applied to 
explain the dome-and-keel structural style. During this 
discussion, it is important to keep in mind that the 
crustal structure, as illustrated by the Pilbara example, 
is the product of multiple episodes of deformation, 
metamorphism, and pluton emplacement rather than a 
single tectonic episode.

Vertical tectonic models describe the diapiric rise of 
hot granitoid domes as the result of a partial convective 
overturning of the middle and upper crust. Collins et al. 
(1998) and Van Kranendonk et al. (2004) used strain pat-
terns, a dome-side-up/greenstone-side-down sense of 
displacement in shear zones, and other features to link 
the formation of dome-and-keel structures to a sinking 
of the greenstones. The process begins with the 
emplacement of hot TTG suite (Section 11.3.2) granit-
oids into an older greenstone succession (Fig. 11.10a). 
Domes are initiated at felsic volcanic centers due to a 
laterally uneven emplacement of TTG magma. After a 
hiatus of several tens of millions of years, the emplace-
ment of thick piles of basalt on top of less dense gran-
itoids creates an inverted crustal density profi le (Fig. 
11.10b). The magmatism also buries the granitoids to 
mid-crustal depths where they partially melt due to the 
build up of radiogenic heat and, possibly, the advection 
of heat from mantle plume activity. Thermal softening 
and a reduction in mid-crustal viscosity facilitates the 
sinking of the greenstones, which then squeezes out the 
underlying partial melts into rising, high-amplitude 
granitoid domes (Fig. 11.10c). The convective overturn-
ing depresses geotherms in the greenstone tracts, 
resulting in local cooling and the preservation of 
kyanite-bearing metamorphic rocks, which equilibrate 
at moderate-low pressures (∼600 MPa) and tempera-
tures (500°C). This model explains the formation of the 
dome-and-keel structure without rigid plates or plate 
boundary forces and is similar to the sinking or sagduc-
tion models proposed for the formation of dome-and-
keel structures in the Dharwar craton of India (Chardon 
et al., 1996).

Horizontal tectonic models for the Eastern Pilbara 
propose that the greenstones were affected by one or 
more periods of horizontal contraction and extension 
(Blewitt, 2002). In these interpretations, the contraction 
results from episodes of Early Archean collision (Sec-
tions 10.4, 10.5) and terrane accretion (Section 10.6). 
Periods of horizontal extension result in the formation 
of crustal detachments and the emplacement of the 
granitoid domes. Kloppenburg et al. (2001) used obser-
vations of multiple cross cutting fabrics and unidirec-
tional patterns of stretching lineations to suggest that 
the Mt. Edgar Dome initially formed as an extensional 
metamorphic core complex (Sections 7.3, 7.6.3, 7.6.6). 
An initial period of terrane collision and thrusting prior 
to 3.32 Ga thickens the Early Archean Warrawoona 
Greenstone Belt and buries granitoid basement to mid-
crustal levels where it partially melts. Partial melting 
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facilitates the extensional collapse of the thickened 
crust, forming detachment faults (i.e. Mt Edgar shear 
Zone, Fig. 11.11a) similar to those found in Phanerozoic 
core complexes (e.g. Figs. 7.14b, 7.39c). The density 
inversion created by dense greenstones overlying 
buoyant, partially molten basement triggers the rise of 
granitoid domes at 3.31 Ga by solid state fl ow during 
extension (Fig. 11.11b). This extension is accommo-
dated by displacement on the Mt. Edgar shear zone and 
by lateral strike-slip motion in a transfer zone within 

the gneissic basement. Normal-sense displacements 
drop greenstones down between the rising domes. 
Emplacement of the domes steepens the detachments 
and changes the geometry of the system so that its 
structure no longer resembles that of Phanerozoic core 
complexes (Fig. 11.11c). Steepening during periods of 
shortening provides an alternative explanation of the 
near vertical sides of the granitoid domes.

The application of both vertical and horizontal 
models to Archean cratons involves numerous uncer-
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tainties. Problems with diapiric models commonly 
include uncertainties surrounding the timing of convec-
tive overturn and how an inverted density profi le could 
be maintained or periodically established over a 750 
million year history without thrust faulting (Van 
Kranendonk et al., 2004). How the stiff rheology of 
granitoids allows diapirism also is unclear. Problems 
with horizontal tectonic models may include a lack of 
evidence of large-scale tectonic duplication of the 
greenstones by thrusts in some areas and uncertainties 
surrounding how the formation of metamorphic core 
complexes could produce the distinctive ovoid patterns 
of the granitoids. Horizontal tectonic models also com-
monly encounter diffi culty explaining the kinematics 
and horseshoe-shaped geometry of shear zones that 
border many granitoid domes (Marshak, 1999).

A comparison of the evolution of various Archean 
cratons has suggested that aspects of both horizontal 
and vertical tectonic processes occurred in different 
places and at different times. Hickman (2004) high-
lighted numerous tectonic and metamorphic differ-
ences between the Eastern and Western parts of the 
Pilbara craton prior to ∼2.95 Ga. He showed that, unlike 
the more or less autochthonous dome-and-keel struc-
ture of the Eastern Pilbara, the Western Pilbara pre-
serves a series of amalgamated terranes (Section 10.6.1) 
that are separated by a series of thrusts and strike-slip 
shear zones (Fig. 11.8) and involved episodes of hori-
zontal compression that resemble a Phanerozoic style 
of plate tectonics. These differences suggest that both 
vertical and horizontal tectonics played an important 
role during the formation of the Pilbara craton.

11.4 PROTEROZOIC 
TECTONICS

11.4.1 General geology of 
Proterozoic crust

Proterozoic belts display two groups of rocks that are 
distinguished on the basis of their metamorphic grade 
and deformation history. The fi rst group consists of 
thick sequences of weakly deformed, unmetamor-
phosed sedimentary and volcanic rocks that were 
deposited in large basins on top of Archean cratons. 
The second group is composed of highly deformed, 

high-grade metamorphic rocks that defi ne large oro-
genic belts. Both these groups contain distinctive suites 
of igneous rocks.

The most common lithologic assemblage in the 
weakly deformed parts of Early–Middle Proterozoic 
crust are quartzite-carbonate-shale sequences that reach 
thicknesses of some 10 km (Condie, 1982b). Quartz-
pebble conglomerates and massive, cross-bedded sand-
stones also are common. Many of these sequences are 
intercalated with banded iron formations, cherts, and 
volcanic rocks. Other rock types that are either rare or 
absent in Archean belts appeared at this time, including 
extensive evaporites, phosphorous-rich sedimentary 
sequences, and red bed deposits (Section 3.4). These 
latter rocks generally are interpreted to have accumu-
lated in stable, shallow water environments after 2.0 Ga. 
The appearance and the preservation of such thick 
sequences of sedimentary rock has been interpreted to 
refl ect the stabilization of Precambrian continental 
crust during Proterozoic times (Eriksson et al., 2001, 
2005) (Section 11.4.2). In the Pilbara region of north-
west Australia (Fig. 11.8) the deposition of 2.78–2.45 Ga 
coarse clastic sedimentary rocks and volcanic sequences 
in a shallow platform environment in the Hamersley 
Basin (Trendall et al., 1991) refl ects this stabilization. By 
1.8 Ga, the existence of large, stable landmasses and free 
oxygen in the Earth’s atmosphere allowed all of the 
well-known sedimentary environments that character-
ize Phanerozoic times to develop (Eriksson et al., 
2005).

The highly deformed regions of Proterozoic crust 
are divisible into two types (Kusky & Vearncombe,1997). 
The fi rst type consists of thick sedimentary sequences 
that were deformed into linear fold-and-thrust belts 
similar to those in Phanerozoic orogens (Figs 10.5, 
10.19). The second type consists of high-grade gneisses 
of the granulite and upper amphibolite facies. Some of 
the largest and best known of these latter belts form the 
∼1.0 Ga Grenville provinces of North America, South 
America, Africa, Antarctica, India, and Australia (Fig. 
11.19). Other belts (Fig. 11.12) evolved during the period 
2.1–1.8 Ga (Zhao et al., 2002). These orogens contain 
large ductile thrust zones that separate distinctive ter-
ranes. Some contain ophiolites (Section 2.5) that resem-
ble Phanerozoic examples except for the lack of highly 
deformed mantle-derived rocks at their bases in ophio-
lites older than ∼1 Ga (Moores, 2002). The presence of 
these features refl ects the importance of subduction, 
collision, and terrane accretion along Proterozoic 
continental margins (Carr et al., 2000; Karlstrom et al., 
2002).
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A comparison of igneous rocks in Archean and 
Proterozoic belts indicates a progressive change in 
the bulk composition of the crust through time 
(Condie, 2005b). During the Early Archean, basaltic 
rocks were most abundant (Section 11.3.2). Later, the 
partial melting of these rocks in subduction zones or 
at the base of oceanic plateaux produced large volumes 
of TTG suite granitoids (Sections 11.3.2, 11.3.3). By 
3.2 Ga granites fi rst appeared in the geologic record 
and were produced in large quantities after 2.6 Ga. 

This compositional trend from basalt to tonalite to 
granite generally is attributed to an increase in the 
importance of subduction and crustal recycling during 
the transition from Late Archean to Early Proterozoic 
times.

Large swarms of mafi c dikes were emplaced into 
Archean cratons and their cover rocks during the Late 
Archean–Early Proterozoic and onwards. One of the 
best exposed examples of these is the 1.27 Ga MacKen-
zie dike swarm of the Canadian Shield, which exhibits 
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dikes that fan out over a 100° arc and extend for more 
than 2300 km (Ernst et al., 2001). Some of these shield 
regions also contain huge sills and layered intrusions of 
mafi c and ultramafi c rock that occupy hundreds to 
thousands of square kilometers. These intrusions 
provide information on the deep plumbing systems of 
Precambrian magma chambers and on crust–mantle 
interactions. Three of the best known examples are the 
∼1.27 Ga Muskox intrusion in northern Canada (Le 
Cheminant & Heaman, 1989; Stewart & DePaolo, 
1996), the ∼2.0 Ga Bushveld complex in South Africa 
(Hall, 1932; Eales & Cawthorn, 1996), and the ∼2.7 Ga 
Stillwater complex in Montana, USA (Raedeke & 
McCallum, 1984; McCallum, 1996). Unlike the layered 
igneous suites of the Archean high-grade gneiss terrains 
(Section 11.3.2), these intrusions are virtually 
undeformed.

Anorthosite massifs (Section 11.3.2) emplaced during 
Proterozoic times also differ from the Archean exam-
ples. Proterozoic anorthosites are associated with gran-
ites and contain less plagioclase than the Archean 
anorthosites (Wiebe, 1992). These rocks form part of 
an association known as anorthosite-mangerite-
charnockite-granite (AMCG) suites. Charnockites are 
high temperature, nearly anhydrous rocks that can be 
of either igneous or high-grade metamorphic origin 
(Winter, 2001). The source of magma and the setting 
of the anorthosites are controversial. Most studies inter-
pret them as having crystallized either from mantle-
derived melts that were contaminated by continental 
crust (Musacchio & Mooney, 2002) or as primary melts 
derived from the lower continental crust (Schiellerup 
et al., 2000). Current evidence favors the former model. 
Some authors also have suggested that these rocks were 
emplaced in rifts or backarc environments following 
periods of orogenesis, others have argued that they are 
closely related to the orogenic process (Rivers, 1997). 
Their emplacement represents an important mecha-
nism of Proterozoic continental growth and crustal 
recycling.

11.4.2 Continental growth 
and craton stabilization

Many of the geologic features that comprise Protero-
zoic belts (Section 11.4.1) indicate that the continental 
lithosphere achieved widespread tectonic stability 
during this Eon. Tectonic stability refers to the general 

resistance of the cratons to large-scale lithospheric recy-
cling processes. The results of seismic and petrologic 
studies (Sections 11.3.1, 11.3.3) and numerical modeling 
(Lenardic et al., 2000; King, 2005) all suggest that com-
positional buoyancy and a highly viscous cratonic 
mantle explain why the cratons have been preserved for 
billions of years. These properties, and isolation from 
the deeper convecting mantle, have allowed the mantle 
lithosphere to maintain its mechanical integrity and to 
resist large-scale subduction, delamination and/or 
erosion from below. Phanerozoic tectonic processes 
have resulted in some recycling of continental litho-
sphere (e.g. Sections 10.2.4, 10.4.5, 10.6.2), however the 
scale of this process relative to the size of the cratons 
is small.

The cores of the fi rst continents appear to have 
reached a suffi cient size and thickness to resist being 
returned back into the mantle by subduction or delam-
ination some 3 billion years ago. Collerson & Kamber 
(1999) used measurements of Nb/Th and Nb/U ratios 
to infer the net production rate of continental crust 
since 3.8 Ga. This method exploits differences in the 
behavior of these elements during the partial melting 
and chemical depletion of the mantle. The different 
ratios potentially provide information on the extent of 
the chemical depletion and the amount of continental 
crust that was present on Earth at different times. This 
work and the results of isotopic age determinations 
(Fig. 11.13) suggest that crust production was episodic 
with rapid net growth at 2.7, 1.9, and 1.2 Ga and slower 
growth afterward (Condie, 2000; Rino et al., 2004). Each 
of these pulses may have been short, lasting ≤100 Ma 
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(Condie, 2000). On the basis of available data, Condie 
(2005b) concluded that 39% of the continental crust 
formed in the Archean, 31% in the Early Proterozoic, 
12% in the Middle–Late Proterozoic, and 18% in the 
Phanerozoic.

Two of the most important mechanisms of Late 
Archean and Early Proterozoic continental growth and 
cratonic root evolution were magma addition (Section 
9.8) and terrane accretion (Section 10.6). Several authors 
(e.g. Condie, 1998; Wyman & Kerrich, 2002) have sug-
gested that the ascent of buoyant mafi c material in 
mantle plumes may have initiated crust formation and 
may have either initiated or modifi ed root formation 
during periods of rapid net growth (Section 11.3.3). 
Schmitz et al. (2004) linked the formation and stabiliza-
tion of the Archean Kaapvaal craton in South Africa to 
subduction, arc magmatism, and terrane accretion at 
2.9 Ga. In this and most of the other cratons, isotopic 
ages from mantle xenoliths and various crustal assem-
blages indicate that chemical depletion in the mantle 
lithosphere was coupled to accretionary processes in 
the overlying crust (Pearson et al., 2002). This broad 
correspondence is strong evidence that the crust and 
the underlying lithospheric mantle formed more or less 
contemporaneously and have remained mechanically 
coupled since at least the Late Archean. A progressive 
decrease in the degree of depletion in the lithospheric 
mantle since the Archean (Fig. 11.14) indicates that the 
Archean–Proterozoic boundary represents a major shift 
in the nature of lithosphere-forming processes, with 
more gradual changes occurring during the Phanero-
zoic (O’Reilly et al., 2001). The most obvious driving 
mechanism of this change is the secular cooling of the 
Earth (Section 11.2). In addition, processes related to 
subduction, collision, terrane accretion, and magma 
addition also helped to form and stabilize the con-
tinental lithosphere.

Whereas these and many other investigations have 
identifi ed some of the processes that contributed to the 
formation and stabilization of Archean cratons, numer-
ous questions still remain. Reconciling the composition 
of craton roots determined from petrologic studies 
with the results of seismic velocity studies is problem-
atic (King, 2005). There are many uncertainties about 
how stability can be achieved for billions of years 
without suffering mechanical erosion and recycling in 
the presence of subduction and mantle convection. 
Another problem is that the strength of mantle materi-
als required to stabilize craton roots in numerical exper-
iments exceeds the strength estimates of these materials 

derived from laboratory measurements (Lenardic et al., 
2003). These issues, and the extent to which the cratonic 
mantle interacts with and infl uences the pattern of 
mantle convection, presently are unsolved. Improved 
resolution of the structure, age and geochemical evolu-
tion of the continental crust and lithospheric mantle 
promise to help geoscientists resolve these problems in 
the future.

11.4.3 Proterozoic 
plate tectonics

Early tectonic models of Proterozoic lithosphere envis-
aged that the Archean cratons were subdivided by 
mobile belts in which deformation was wholly ensialic, 
with no rock associations that could be equated with 
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very low degrees of melt depletion.
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ancient ocean basins. These interpretations where Pro-
terozoic orogenies occurred far from continental 
margins have since fallen out of favor. Most studies now 
indicate that Proterozoic orogens (Fig. 11.12) evolved 
along the margins of lithospheric plates by processes 
that were similar to those of modern plate tectonics.

One of the best-studied examples of an Early Pro-
terozoic orogen that formed by plate tectonic processes 
lies between the Slave craton and the Phanerozoic 
Canadian Cordillera in northwestern Canada. This 
region provides a record of nearly 4 billion years of 
lithospheric development (Clowes et al., 2005). Deep 
seismic refl ection data collected as part of the Litho-
probe SNORCLE (Slave-Northern Cordillera Litho-
spheric Evolution) transect of the Canadian Shield (see 
also Section 10.6.2) provide evidence of a modern, plate 
tectonic-style of arc–continent collision, terrane accre-
tion, and subduction along the margin of the Archean 
Slave craton between 2.1 and 1.84 Ga (Cook et al., 1999). 
These processes formed the Early Proterozoic Wopmay 
Orogen (Fig. 11.15a) and resulted in continental growth 
through the addition of a series of magmatic arcs, 
including the Hottah and Fort Simpson terranes and the 
Great Bear magmatic arc.

Final assembly of the Slave craton occurred by 
∼2.5 Ma. Cook et al. (1999) suggested that low-angle 
seismic refl ections beneath the Yellowknife Basin (Fig. 
11.15b) represent surfaces that accommodated shorten-
ing during this assembly. Some of these refl ections 
project into the upper mantle and represent the rem-
nants of an east-dipping Late Archean subduction zone. 
Following amalgamation of the craton, the Hottah 
terrane formed as a magmatic arc some distance out-
board of the ancient continental margin between 1.92 
and 1.90 Ga. During the Calderian phase (1.90–1.88 Ga) 
of the Wopmay Orogen this arc terrane collided with 
the Slave craton, causing compression, shortening, and 
the eastward translation of exotic material (Fig. 11.15c). 
In the seismic profi le (Fig. 11.15b), the accreted Protero-
zoic crust displays gently folded upper crustal layers 
overlying refl ectors that appear to be thrust slices above 
detachment faults that fl atten downward into the Moho. 
Remnants of the old, east-dipping subduction zone 
associated with the collision are still visible today as 
refl ections that project to 200 km or more beneath the 
Slave craton.

Once accretion of the Hottah terrane terminated, 
the subduction of oceanic lithosphere to the east 
beneath the continental margin created the 1.88–
1.84 Ga Great Bear Magmatic arc and eventually led 

to the collision of the Fort Simpson terrane some 
time before 1.71 Ga (Fig. 11.15c,d). Mantle refl ections 
that record subduction and shortening during this 
arc–continent collision dip eastward beneath the Great 
Bear magmatic arc from the lower crust to depths 
of 100 km (Fig. 11.15b,c,d). Where the mantle refl ec-
tions fl atten into the lower crust, they merge with 
west-dipping crustal refl ections, producing a litho-
spheric-scale accretionary wedge that displays imbri-
cated thrust slices. This faulted material and the 
underthrust lower crust represent part of a Early 
Proterozoic subduction zone that bears a remarkable 
resemblance to structures that record subduction and 
accretion within the Canadian Cordillera (Fig. 10.33) 
and along the Paleozoic margin of Laurentia (Fig. 
10.34). Seismic refraction and wide-angle refl ection 
data (Fernández-Viejo & Clowes, 2003) indicate the 
presence of unusually high velocity (7.1 km s−1) lower 
crust and unusually low velocity (7.5 km s−1) upper 
mantle in this zone (Fig. 11.16c) compared to other 
parts of this section (Fig. 11.16a,b,d). This observation 
indicates that the effects of collision, subduction, and 
the accompanying physical changes in rocks of the 
mantle wedge remain identifi able 1.84 billion years 
after they formed.

In western Australia, distinctive patterns of mag-
netic anomalies provide direct evidence for the collision 
and suturing of the Archean Yilgarn and Pilbara cratons 
beginning by ∼2.2 Ga (Cawood & Tyler, 2004). The 
Capricorn Orogen (Fig. 11.17a,b) is composed of Early 
Proterozoic plutonic suites, medium- to high-grade 
metamorphic rocks, a series of volcano-sedimentary 
basins, and the deformed margins of the two Archean 
cratons. Late Archean rifting and the deposition of 
passive margin sequences at the southern margin of the 
Pilbara craton is recorded by the basal sequences of the 
Hamersley Basin. Following rifting between the cratons, 
several major pulses of contractional deformation and 
metamorphism took place during the intervals 2.00–
1.96 Ga, 1.83–1.78 Ga, and 1.67–1.62 Ga. These events 
resulted in basin deformation and the juxtaposition of 
cratons of different age and structural trends (Fig. 
11.17b,c). The episodic history of rifting followed by 
multiple episodes of contraction and collision corre-
sponds to at least one and probably two Wilson cycles 
(Section 7.9) involving the opening and closing of Late 
Archean–Early Proterozoic ocean basins (Cawood & 
Tyler, 2004). The presence of similar collisional orogens 
in Laurentia, Baltica, Siberia, China, and India suggests 
that the early to mid-Early Proterozoic marks a period 
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of supercontinent assembly by plate tectonic processes 
(Fig. 11.12) (Section 11.5.4).

The appearance of the metamorphic products of 
subduction and continental collision during the Early 
Proterozoic, including eclogites and other >1 GPa high-
pressure metamorphic assemblages (e.g. Sections 9.9, 

10.4.2), represents an important marker of the onset of 
tectonic processes similar to those seen in the Phanero-
zoic Earth (O’Brien & Rötzler, 2003; Collins et al., 2004; 
Brown, 2006). Phanerozoic eclogites commonly pre-
serve evidence of having been partially subducted to 
depths greater than ∼50 km and then rapidly exhumed 
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(Fig. 11.18) (Collins et al., 2004). In the modern Earth, 
these unusual conditions are met in subduction–
accretion complexes and at the sites of continental col-
lision where relatively cold crust is buried to subcrustal 
depths. For these subducted rocks to return to the 
Earth’s surface with preserved eclogite facies mineral 
assemblages, they must be exhumed rapidly before tec-
tonically depressed isotherms can re-equilibrate and 
overprint the assemblages with higher temperature 
granulite facies minerals.

The oldest examples of in-situ eclogites (i.e. rocks 
other than xenoliths) include 1.80 Ga and 2.00 Ga vari-
eties (<1.8 GPa, 750°C) from the North China craton 
and the Proterozoic orogens surrounding the Tanzanian 
craton (Zhao et al., 2001; Möller et al., 1995). Eclogites 

recording conditions of ∼1.2 GPa and 650–700°C at 
1.9–1.88 Ga also occur in the Lapland Granulite Belt of 
Finland (Tuisku & Huhma, 1998). The Aldan Shield in 
Siberia (Smelov & Beryozkin, 1993) and the Snowbird 
tectonic zone between the Rae and Hearne cratons of 
Canada (Baldwin et al., 2003) preserve retrogressed 
eclogites of 1.90 Ga. The absence of Archean eclogite 
facies rocks suggests that before Early Proterozoic times 
either the conditions to produce such rocks did not 
exist, the processes to exhume them at a suffi cient rate 
to preserve eclogite-facies mineral assemblages did not 
exist, or all pre-existing examples have been obliterated 
by subsequent tectonic events.

The presence of ophiolitic assemblages in Precam-
brian orogens provides another possible marker of tec-
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tonic processes similar to those operating during the 
Phanerozoic (de Wit, 2004; Parman et al., 2004). Some 
Archean greenstone belts have been interpreted as 
ophiolites, although these interpretations typically are 
controversial. The oldest unequivocal examples are 
Early Proterozoic in age and support interpretations 
that seafl oor spreading and associated ocean crust for-
mation was an established mechanism of plate tecton-
ics by this time. One of the best preserved and least 
equivocal of the Early Proterozoic examples is the Pur-
tuniq Complex (Scott et al., 1992; Stern et al., 1995) of 
the Trans-Hudson Orogen between the Hearne and 
Superior cratons of northern Canada (Plate 11.1a 
between pp. 244 and 245). Other examples occur in the 
Arabian-Nubian Shield (Kröner, 1985) and the Yavapai-
Mazatzal orogens of the southwestern USA (Condie, 
1986). The presence of these features suggests that com-
plete Wilson cycles (Section 7.9) of ocean opening and 
closure and ophiolite obduction were occurring by at 
least 2.0 Ga.

Together these observations strongly suggest that 
plate tectonic mechanisms became increasingly impor-
tant after the Late Archean. Most authors link this 
development to the increased stability of continental 
crust during this Eon (Section 11.4.2). Nevertheless, it 
is important to realize that many uncertainties about 
Proterozoic tectonics remain. The age of formation 
of the rock units and the timing of regional meta-
morphism, deformation, and cooling are poorly 
known in many regions. The sources of magmatism 
and the amounts and mechanisms of crustal recycling 
also commonly are unclear. In addition, there contin-
ues to be a need for high resolution paleomagnetic 
and geochronologic data to enable accurate recon-
structions of the continents and oceans during Pro-
terozoic as well as Archean times (Section 11.5.3). 
These data are crucial for determining the tectonic 
evolution of Proterozoic lithosphere and for detailed 
comparisons between Proterozoic and Phanerozoic 
orogens.

0
0

0.5

1.0

1.5

2.0 72

54

36

18

400

Phanerozoic
subduction
zones

High
pressure
granulites

BlueschistBlueschist

Greensch
ist

Ky

Amph

Sill

Granulite

And

EclogiteEclogite

800

Temperature (°C)

P
re

ss
ur

e 
(G

P
a)

D
ep

th
 (

km
)

1200

1 4

7

36
8

5

2

Fig. 11.18 Pressure–temperature plot showing the published paths of the moderate temperature eclogite and high-
pressure granulite facies metamorphic rocks older than 1.5 Ga (after Collins et al., 2004, with permission from Elsevier). 
1, Usagaran Belt, Tanzania; 2, Hengshan Belt, China; 3, Sanggan Belt, China; 4, Ubendian Belt, Tanzania; 5, Jianping Belt, 
China; 6, Sare Sang, Badakhshan Block, Afghanistan; 7, Snowbird tectonic zone, Canada; 8, Lapland Granulite Belt. Thick 
arrows refer to Usagaran/Ubende eclogites. Field for Phanerozoic subduction zone metamorphism and metamorphic 
facies indicated by thick gray curves. Aluminosilicate polymorph fi elds plotted for reference. And, andalusite; Ky, kyanite; 
Sill, sillimanite; Amph, amphibolite.



370 CHAPTER 11

11.5 THE 
SUPERCONTINENT 
CYCLE

11.5.1 Introduction

Geologic evidence for the repeated occurrence of con-
tinental collision and rifting since the Archean has led 
to the hypothesis that the continents periodically 
coalesced into large landmasses called supercontinents. 
The best known of the supercontinents include Gond-
wana (Fig. 3.4) and Pangea (Fig. 11.27), which formed 
in the latest Proterozoic and late Paleozoic times, 
respectively. Other supercontinents, such as Rodinia and 
Laurussia, also have been proposed for Late Proterozoic 
and late Paleozoic times, respectively. Processes in the 
mantle that may have led to their assembly and 
dispersal are discussed in Section 12.11.

11.5.2 Pre-Mesozoic 
reconstructions

Paleogeographic maps for the Mesozoic and Cenozoic 
can be computed by the fi tting together of continental 
margins or oceanic lineations of the same age on either 
side of an ocean ridge (Chapters 3, 4). The location of 
the paleopoles can be determined from paleomagnetic 
measurements (Section 3.6) and so the only unknown 
in these reconstructions is the zero meridian of longi-
tude. These combined techniques cannot be used for 
reconstructions prior to the Mesozoic because in situ 
oceanic crust is lacking.

Methods of quantifying plate motions in pre-
Mesozoic times involve the use of paleomagnetic data 
coupled with high-precision geochronology. Ancient 
plate edges, although somewhat distorted, are marked 
by orogenic belts and ophiolite assemblages (Sections 
2.5, 11.4.3), which indicate ancient sutures between 
welded continents and accreted terranes. Evidence pro-
vided from the past distributions of fl ora and fauna and 
indicators of paleoclimate also aid these plate recon-
structions (Sections 3.4, 3.5). For a particular time the 
paleomagnetic pole for each ancient plate is rotated to 
an arbitrary single magnetic pole and the continents on 

the plate are re-projected using the same Eulerian rota-
tion. The continents are then successively shifted along 
fi xed latitudes, that is, rotated about the magnetic pole, 
until the overlap of continental margins is minimized. 
Although the paleomagnetic data do not provide a 
unique sequence of reconstructions, they clearly indi-
cate the gross trends of plate movements during ancient 
times. More detailed inferences on the evolution of 
particular regions are then made from their geology 
viewed in terms of plate tectonic mechanisms.

The application of paleomagnetic methods for the 
Precambrian is less straightforward than for Phanero-
zoic times for three main reasons (Dunlop, 1981). First, 
the error limits of isotopic ages typically are larger. 
Second, isotopic and magnetic records may be partially 
reset during metamorphism to different degrees, and 
the distinction between pre- and post-orogenic isotopic 
and magnetic overprints can be diffi cult. Third, over-
prints occur during post-orogenic cooling and uplift, 
and the temperatures at which isotopic systems close 
and magnetizations stabilize are different, so that the 
dates may be younger or older than the magnetizations 
by intervals of tens of millions of years. However, even 
given these uncertainties and the gaps in the paleomag-
netic record arising from the lack of suitable samples of 
certain ages, the data allow investigators to test the valid-
ity of paleogeographic reconstructions for pre-Mesozoic 
times based on the geologic record on the continents.

11.5.3 A Late Proterozoic 
supercontinent

Similarities between the Late Proterozoic geologic 
record in western Canada and eastern Australia (Bell & 
Jefferson, 1987; Young, 1992) and between the south-
western USA and East Antarctica suggest that these 
areas were juxtaposed during Late Proterozoic times 
(Dalziel, 1991, 1995; Moores, 1991; Hoffman, 1991) (Fig. 
11.19a). This seemingly radical suggestion was referred 
to as the SWEAT (South West US and East AnTarctica) 
hypothesis. The widespread Grenville orogenic belts, 
that immediately pre-date the Late Proterozoic, suggest 
that many other continental fragments can be added to 
this reconstruction to form a Late Proterozoic super-
continent called Rodinia (Fig. 11.19a). Laurentia (North 
America and Greenland) forms the core of the 
supercontinent and is fl anked to the north by East 
Antarctica. The reconstruction shows that the North 
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American Grenville Province continues directly into 
East Antarctica, and similar belts of this age can be 
traced over most of the Gondwana fragments. The age 
of the oldest sedimentary rock associated with break-
up, and the provinciality of certain animal groups across 
the split, suggest that the supercontinent fragmented at 
about 750 Ma (Storey, 1993). During fragmentation the 
blocks now making up East Gondwana (East Antarc-
tica, Australia, and India) moved anticlockwise, opening 
the proto-Pacifi c Ocean (Panthalassa), and collided with 
the blocks of West Gondwana (Congo, West Africa, and 
Amazonia). The intervening Mozambique Ocean closed 
by the pincer-like movements of these blocks and 
Gondwana was created when they collided to form the 
Mozambique belt of East Africa and Madagascar. Gond-
wana then rotated clockwise away from Laurentia 
about 200 Ma later. Southern Africa was located at the 
pivot of these movements and Baltica moved indepen-
dently away from Laurentia, opening the Iapetus 
Ocean, which subsequently closed during the assembly 
of Pangea (Section 11.5.5). Figure 11.19b shows a 
postulated confi guration at 500 Ma.

The fi rst paleomagnetic test of the SWEAT hypoth-
esis was carried out by Powell et al. (1993) who showed 
that paleomagnetic poles at 1055 Ma and at 725 Ma for 
Laurentia and East Gondwana are in agreement when 
repositioned according to the Rodinia reconstruction, 
thereby lending support to the hypothesis. Between 
725 Ma and the Cambrian the APWPs diverge, suggest-
ing that East Gondwana broke away from Laurentia 
after 725 Ma. The only fragment of Rodinia for which 
a detailed Apparent Polar Wanderer (APW) path can be 
defi ned for the period 1100–725 Ma is Laurentia (McEl-
hinny & McFadden, 2000). This, therefore, has been 
used as a reference path against which repositioned 
paleomagnetic poles from other Rodinian fragments 
can be compared. However, many of the tests were 
hindered by a lack of high quality geochronology. As 
new data were collected, the existence of a Late Pro-
terozoic supercontinent gained acceptance, although 
numerous modifi cations have been proposed (Dalziel 
et al., 2000b; Karlstrom et al., 2001; Meert & Torsvik, 
2003). There is now considerable geologic and paleo-
magnetic evidence that, except for Amazonia, the 
cratons of South America and Africa were never part of 
Rodinia, although they probably were close to it (Kröner 
& Cordani, 2003). Newer models also indicate the piece-
meal assembly of Rodinia beginning with Grenville-age 
collisions in eastern Canada and Australia at 1.3–1.2 Ga, 
followed by an Amazonia–Laurentia collision at 1.2 Ga 

(Tohver et al., 2002), the majority of assembly between 
1.1 and 1.0 Ga, and minor collisions between 1.0 and 
0.9 Ga (Li et al., 2008). Most current models of Rodinia 
also show a fi t between the cratons at 750 Ma that differs 
substantially from the older hypotheses (Wingate et al., 
2002). Torsvik (2003) published a model (Fig. 11.20) that 
summarizes some of these changes. The position of the 
continents suggests that the break-up of Rodinia had 
begun by 850 or 800 Ma with the opening of the proto-
Pacifi c ocean between western Laurentia and Australia-
East Antarctica. The emplacement of mafi c dike swarms 
in western Laurentia at 780 Ma may refl ect this frag-
mentation (Harlan et al., 2003). The position of Austra-
lia-East Antarctica also suggests that India was not 
connected to East Antarctica until after ∼550 Ma. This 
model emphasizes that the internal geometry of Rodinia 
probably changed repeatedly during the few hundred 
million years it existed.

The differences among the new and old models of 
Rodinia illustrate the controversial and fl uid nature of 
Precambrian reconstructions. Numerous uncertainties 
in the relative positions of the continents exist, with the 
paleolatitudes of only a few cratons being known for 
any given time. It also must be remembered that paleo-
magnetic methods give no control on paleolongitude 
(Section 3.6), so that linear intercratonic regions whose 
strike is directed towards the Eulerian pole used to bring 
the cratons into juxtaposition are not constrained to 
have had any particular width. For these reasons, most 
reconstructions rely on combinations of many different 
data sets, including geological correlations based on 
orogenic histories, sedimentary provenance, the ages of 
rifting and continental margin formation, and the 
record of mantle plume events (Li et al., 2008).

Another controversial aspect of the Rodinia super-
continent concerns the effect of its dispersal on past 
climates. Some studies suggest that as Rodinia frag-
mented the planet entered an icehouse or snowball Earth 
state in which it was intermittently completely covered 
by ice (Evans, 2000; Hoffman & Schrag, 2002). The geo-
logic evidence for this intermittent but widespread gla-
ciation includes glacial deposits of Late Proterozoic age 
that either contain carbonate debris or are directly over-
lain by carbonate rocks indicative of warm waters. In 
addition, paleomagnetic data suggest that during at least 
two Late Proterozoic glacial episodes ice sheets reached 
the equator. One possible explanation of these observa-
tions is that periods of global glaciation during the Late 
Proterozoic were controlled by anomalously low 
atmospheric CO2 concentrations (Hyde et al., 2000; 
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Donnadieu et al., 2004). During break-up, the changing 
paleogeography of the continents may have led to an 
increase in runoff, and hence consumption of CO2, 
through continental weathering that decreased atmo-
spheric CO2 concentrations (Section 13.1.3). The extreme 
glacial conditions may have ended when volcanic out-
gassing of CO2 produced a suffi ciently large greenhouse 
effect to melt the ice. The resulting “hothouse” would 
have enhanced precipitation and weathering, giving rise 
to the deposition of carbonates on top of the glacial 
deposits during sea-level (Hoffman et al., 1998). Alterna-
tively, these transitions may have resulted mainly from 
the changing confi guration of continental fragments 
and its effect on oceanic circulation (Sections 13.1.2, 
13.1.3). Whichever view is correct, these interpretations 
suggest that the break-up of Rodinia triggered large 
changes in global climate. However, the origin, extent, 
and termination of the Late Proterozoic glaciations, and 
their possible relationship to the supercontinental break-
up, remains an unresolved and highly contentious issue 
(Kennedy et al., 2001; Poulsen et al., 2001).

11.5.4 Earlier supercontinents

The origin of the fi rst supercontinent and when it may 
have formed are highly speculative. Bleeker (2003) 
observed that there are about 35 Archean cratons today 
(Plate 11.1a between pp. 244 and 245) and that most 
display rifted margins, indicating that they fragmented 
from larger landmasses. Several possible scenarios have 
been envisioned for the global distribution of the 
cratons during the transition from Late Archean to 
Early Proterozoic times (Fig. 11.21). These possibilities 
include a single supercontinent, called Kenorland by Wil-
liams et al. (1991) after an orogenic event in the Cana-
dian Superior Province, and the presence of either a few 
or many independent aggregations called supercratons. 
Bleeker (2003) concluded that the degree of geologic 
similarity among the exposed cratons favors the pres-
ence of several transient, more or less independent 
supercratons rather than a single supercontinent or 
many small dispersed landmasses. He defi ned a 
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minimum of three supercratons, Sclavia, Superia, and 
Vaalbara, that display distinct amalgamation and break-
up histories (Fig. 11.21b). The Sclavia supercraton 
appears to have stabilized by 2.6 Ga. Confi rmation of 
these tentative groupings awaits the collection of 
detailed chronostratigraphic profi les for each of the 35 
Archean cratons.

Diachronous break-up of the supercratons defi ned 
by Bleeker (2003) occurred during the period 2.5–2.0 Ga, 
spawning the 35 or more independently drifting cratons. 
Paleomagnetic evidence supports the conclusion that 
signifi cant differences in the paleolatitudes existed 
between at least several of these fragments during the 
Early Proterozoic (Cawood et al., 2006). Following the 
break-up the cratons then appear to have amalgamated 
into various supercontinents. Hoffman (1997) postu-
lated a Middle Proterozoic supercontinent called Nuna, 
which Bleeker (2003) considered to represent the fi rst 
true supercontinent. Zhao et al. (2002) also recognized 
that most continents contain evidence for 2.1–1.8 Ga 
orogenic events (Section 11.4.3) (Fig. 11.12). They pos-
tulated that these orogens record the collisional assem-
bly of an Early–Middle Proterozoic supercontinent 
called Columbia (Fig. 11.22). These studies, while still 
speculative, suggest that at least one supercontinent 
formed prior to the fi nal assembly of Rodinia and after 
the Archean cratons began to stabilize during the Late 
Archean.

11.5.5 Gondwana–Pangea 
assembly and dispersal

The assembly of Gondwana began immediately follow-
ing the break-up of Rodinia in Late Proterozoic times. 
According to the SWEAT hypothesis (Section 11.5.3) 
West Gondwana formed when many small ocean basins 
that surrounded the African and South American 
cratons closed during the opening of the proto-Pacifi c 
Ocean, creating the Pan-African orogens (Fig. 11.19b). 
Subsequent closure of the Mozambique Ocean resulted 
in the collision and amalgamation of West Gondwana 
with the blocks of East Gondwana. This amalgamation 
may have created a short-lived Early Cambrian super-
continent called Pannotia. The existence of this super-
continent is dependent on the time of rifting between 
Laurentia and Gondwana (Cawood et al., 2001). Models 
of Pannotia (Fig. 11.23a) are based mostly on geologic 
evidence that Laurentia and Gondwana were attached 
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Kaapvaal) are shown shaded in (a). These cratons may 
have been spawned by the larger supercratons shown in 
(b) (after Bleeker, 2003, with permission from Elsevier).
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or in close proximity at the end of the Late Proterozoic 
(Dalziel, 1997). However, the paleomagnetic poles for 
these two landmasses do not overlap, suggesting that an 
alternative confi guration where Laurentia is separated 
from Gondwana at this time also is possible (Meert & 
Torsvik, 2003).

Most models suggest that the break-up of Pannotia 
began with the latest Proterozoic or Early Cambrian 
opening of the Iapetus Ocean as Laurentia rifted away 
from South America and Baltica (Figs 11.19b, 11.23b). 
Subduction zones subsequently formed along the 
Gondwana and Laurentia margins of Iapetus, creating 
a series of volcanic arcs, extensional backarc basins, and 
rifted continental fragments. As the ocean closed this 
complex assemblage of terranes accreted onto the 
margins of both Laurentia and Gondwana. The prove-
nance of these terranes provides a degree of control on 
the relative longitudes and paleogeography of these 
two continents prior to the Permo-Carboniferous 
assembly of Pangea (Dalziel, 1997).

The Early Paleozoic accreted terranes of Laurentia 
and Gondwana are classifi ed into groups according to 
whether they are native or exotic to their adjacent 
cratons (Keppie & Ramos, 1999; Cawood, 2005). 
Those native to Laurentia include the Notre Dame–
Shelburne Falls (Taconic) and Lough–Nafooey volca-
nic arcs (Figs 10.34, 11.24a), which formed near and 
accreted onto Laurentia during Early–Middle Ordovi-
cian times. These collisions were part of the Taconic 
Orogeny in the Appalachians (Karabinos et al., 1998), 
the Grampian Orogeny in the British Isles, and the 
Finnmarkian Orogeny in Scandinavia. During the 
same period, the Famatina arc terrane (Fig. 11.23b), 
of Gondwana affi nity, formed near and accreted onto 
the western margin of South America (Conti et al., 
1996).

Terranes exotic to Laurentia include Avalonia, 
Meguma, Carolina, and Cadomia (Fig. 11.24a). These 
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Fig. 11.24 Postulated Paleozoic plate reconstructions 
for (a) 490 Ma, (b) 440 Ma, and (c) 420 Ma emphasizing 
the paleogeography of terranes derived from northern 
Gondwana and the opening of the Rheic Ocean (images 
provided by G.M. Stampfl i and modifi ed from von 
Raumer et al., 2003, and Stampfl i & Borel, 2002, with 
permission from Elsevier). Interpretations incorporate 
the dynamics of hypothesized convergent, divergent and 
transform plate boundaries. Labeled terranes in (a) are: 
Mg, Meguma; Cm, Cadomia; Ib, Iberia; Cr, Carolina.
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and other terranes rifted from northwestern Gondwana 
in the Early Ordovician and later accreted onto the Lau-
rentian margin, forming part of the Silurian-Devonian 
Acadian and Salinic orogens in the northern Appala-
chians and the Caledonides of Baltica and Greenland 
(Figs 11.24c, 11.25). Cuyania, an exotic terrane located 
in present day Argentina (Fig. 11.23b), rifted from 
southern Laurentia during Early Cambrian times and 
later accreted onto the Gondwana margin (Dalziel, 
1997). These tectonic exchanges suggest that at least 
two different plate regimes existed in eastern and 
western Iapetus during the Paleozoic with subduction 
zones forming along parts of both Gondwana and Lau-
rentia (Fig. 11.24a). Although the geometry of the plate 
boundaries is highly speculative, the interpretation of 
distinctive plate regimes explains the piecemeal growth 
of both continents by terrane accretion prior to the 
assembly of Pangea.

The rifting of the Avalonia terranes from Gondwana 
in the Late Cambrian and Early Ordovician led to the 
opening of the Rheic Ocean between the Gondwana 
mainland and the offshore crustal fragments (Fig. 
11.24a,b). After the closure of Iapetus and the accretion 
of Avalonia, the Rheic Ocean continued to exist between 
Laurentia and Gondwana, although its width is uncertain 
(Fig. 11.24c). During these times a new series of arc 
terranes rifted from the Gondwana margin, resulting in 
the opening of the Paleotethys Ocean (Fig. 11.26a). The 
opening of Paleotethys and the closure of the Rheic 
Ocean eventually resulted in the accretion of these Gond-
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Fig. 11.25 Late Paleozoic reconstruction showing the 
Silurian–Devonian Appalachian (Acadian and Salinic)–
Caledonian orogens (after Keller & Hatcher, 1999, with 
permission from Elsevier). TTZ is the Teisseyre-Tornquist 
zone, representing a major crustal boundary between 
Baltica and southern Europe.

Fig. 11.26 Postulated Paleozoic plate reconstructions 
for (a) 400 Ma and (b) 300 Ma (images provided by G.M. 
Stampfl i and modifi ed from Stampfl i & Borel, 2002, with 
permission from Elsevier). In (a) The Rheic Ocean closes 
as Paleotethys opens. In (b) Gondwana has collided with 
Laurussia creating the European Variscides and 
Alleghenian Orogen.
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wana-derived terranes onto Laurentia followed by a 
continent–continent collision between Laurussia and 
Gondwana (Fig. 11.26b). This latter collision produced 
the Permo-Carboniferous Alleghenian and Variscan orog-
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enies in North America, Africa, and southwest Europe. 
Collisions in Asia, including the suturing of Baltica and 
Siberia to form the Ural Orogen at ∼280 Ma, resulted in 
the fi nal assembly of Pangea. The supercontinent at the 
height of its extent at ∼250 Ma is shown in Fig. 11.27.

Like its assembly, the fragmentation of Pangea was 
heterogeneous. Break-up began in the mid-Jurassic with 
the rifting of Lhasa and West Burma from Gondwana 
and the opening of the central Atlantic shortly after 
180 Ma (Lawver et al., 2003). Magnetic anomalies indi-
cate that by 135 Ma the southern Atlantic had started to 
open. Rifting between North America and Europe 
began during the interval 140–120 Ma. Africa and Ant-
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Fig. 11.27 Reconstruction of Pangea at 250 Ma (after Torsvik, 2003, with permission from Science 300, 1379–81, with 
permission from the AAAS). Major cratons are shown.

arctica began to separate by 150 Ma. Australia also 
began to rift from Antarctic by 95 Ma with India separat-
ing from Antarctica at about the same time. These data 
indicate that the majority of Pangea break-up occurred 
during the interval 150–95 Ma. Small fragments of con-
tinental crust such as Baja California and Arabia con-
tinue to be rifted from the continental remnants of 
Pangea. As with the older supercontinents, the break-up 
of Pangea was accompanied by the closure of oceans, 
such as Paleotethys and Neotethys (Fig. 11.27), and by 
collisions, including those that occur presently in south-
ern Asia (Fig. 10.13), southern Europe, and Indonesia 
(Fig. 10.28).



12 The mechanism 
of plate tectonics
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12.1 INTRODUCTION

The mechanism behind the motion of plates is still 
controversial. Older theories for the origin of the major 
structural features of the Earth’s surface that relied 
on the supposed contraction or expansion of the Earth 
have now been discounted. The most likely mechanism 
of heat transfer from depth appears to be convection. 
The form of this convection and the manner in which 
the thermal energy is utilized in driving the plates are 
discussed in this chapter.

12.2 CONTRACTING 
EARTH HYPOTHESIS

In the 19th century it was believed that, since its forma-
tion, the Earth had been cooling due to heat loss by 
thermal conduction. Computations by Lord Kelvin on 
the rate of cooling of an initially molten Earth provided 
the fi rst, erroneous, estimate of the age of the Earth of 
100 Ma. As a corollary, it was suggested that the accom-
panying contraction of the Earth on cooling might 
provide a mechanism for mountain building. It was esti-
mated that the circumference of the Earth had decreased 
by 200–600 km since the Earth’s accretion. The discov-
ery of radioactivity at the end of the 19th century 
negated much of the early work as it provided a precise 
method of dating rocks and also demonstrated that the 
Earth possesses its own internal sources of heat.

The contraction hypothesis envisaged that the 
central region of the Earth underwent more rapid 
cooling and contraction than the outer part and was 
placed in a state of tangential tension. Above a horizon 
of no strain, the outer shell of the Earth was then sub-
jected to tangential compression as it collapsed inwards 
upon the shrinking center (Fig. 12.1). The lithosphere 
is too thick to respond to this compression by buckling, 
but would yield by thrust faulting, producing mountain 
belts by the stacking of thrust slices.

A contracting Earth is no longer recognized as a 
possible mechanism for tectonic activity for two con-
vincing reasons:

1 The Earth is not cooling suffi ciently rapidly to 
be consistent with contraction, and modern 

evaluations of cooling rates imply a total 
contraction of only a few tens of kilometers. 
Consequently, the contraction hypothesis 
cannot account for the many thousands of 
kilometers of crustal shortening which must 
have occurred in mountain belts throughout 
geologic time.

2 The hypothesis implies that the lithosphere is 
everywhere in compression, and cannot provide 
an explanation for phenomena that must have 
originated in tensional regimes, such as normal 
faults, ocean ridges, and rift valleys.

12.3 EXPANDING 
EARTH HYPOTHESIS

The expanding Earth hypothesis was fi rst proposed 
in the 1920s and was subsequently adopted by several 
geologists as the mechanism behind the break-up of 
continents, the formation of continental rifts, and the 
presence of extensional features such as normal faults 
(Carey, 1976, 1988). Their proposal was that the con-
tinental lithosphere was originally continuous over the 
surface of an Earth of smaller radius and that, as the 
Earth expanded and its surface area increased, the con-
tinental lithosphere fragmented and dispersed, while 
mantle material welled up into the consequent gaps 
to form the oceans. Independent evidence for the 
expanding Earth hypothesis appeared to be provided 
by certain theoretical physicists, who suggested that 

Figure 12.1 Contracting Earth model.
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the universal gravitational constant was decreasing 
with time as the universe expanded and its constituent 
matter became more widely dispersed. Gravitational 
forces are responsible for binding the Earth into a 
spherical form, and since the gravitational constant 
directly controls the magnitude of the force of attrac-
tion between masses, its decrease would imply a pro-
gressive relaxation of the binding forces and an increase 
in the Earth’s radius.

The most recent versions of the expanding Earth 
hypothesis correlate the period of rapid expansion with 
the break-up and fragmentation of Pangea in the past 
200 Ma. These argue that continental reconstructions 
can be arranged more accurately on a globe of smaller 
radius, and propose that during this period the surface 
area of the Earth increased by a factor of 2.5 implying 
an increase in the radius from 63% of its present value 
and a mean radial expansion rate of about 12 mm a−1.

There are two methods available that can be used to 
test the expanding Earth hypothesis directly.

12.3.1 Calculation of the 
ancient moment of inertia of 
the Earth

The moment of inertia of a rigid body about a given 
axis is defi ned as Σmr2, where m is the mass of each 
small element of the body and r the distance of the 
element from the axis of rotation. The moment of 
inertia of a uniform sphere is given by 2MR2/5, where 
M is the mass of the sphere and R its radius. Newton’s 
laws of mechanics for linear motion state that the 
momentum (mass × velocity) of a system is conserved 
unless an external force acts upon it. These laws apply 
equally to angular (rotational) motion, in that angular 
momentum (moment of inertia × angular velocity) is 
conserved unless the system is acted upon by an exter-
nal torque.

Since the Earth’s mass remains constant, any deter-
mination of the ancient moment of inertia of the Earth 
would allow a calculation of its ancient radius and so 
demonstrate if any expansion had occurred.

The theory behind any such determination is com-
plicated by the fact that momentum is conserved within 
a system comprising the Earth and the Moon. Through-
out geologic time the angular momentum inherited 
from the fragments that accreted to form the Earth and 

Moon has been progressively partitioned between the 
two bodies, by a mechanism known as tidal interaction, 
in such a way as to reduce the rotational energy of the 
system. At present the stage has been reached in which 
the Moon spins very slowly and must consequently lie 
at a greater distance from the Earth than in the past, so 
that momentum is conserved in its orbital motion. The 
tidal interaction of the Moon on the Earth is similarly 
causing the latter’s angular rotation to decelerate. Since 
the number of rotations in a complete orbit of the Sun 
determines the number of days in a year, the year in the 
past would have consisted of more days than at present. 
This also implies that the length of the day has progres-
sively increased.

Transfer of angular momentum from Earth to Moon 
thus causes an increase in the length of the day. A 
further contributor to this phenomenon would be an 
increase in the Earth’s moment of inertia, which would 
allow angular momentum to be conserved by a slower 
rate of rotation. Knowledge of the length of the lunar 
month would allow an estimate to be made of the lunar 
contribution to the Earth’s rotational deceleration and 
allow any change in its moment of inertia to be 
isolated.

Information on the rotational history of the Earth–
Moon system has been provided from a detailed exam-
ination of fossil organisms whose patterns of growth 
are strongly affected by diurnal effects. In particular, 
certain rugose corals of Middle Devonian age (390 Ma) 
have been shown to exhibit epithecal banding which 
can be attributed to daily, monthly, and yearly cycles of 
growth (Scrutton, 1967). Such studies have indicated 
that the Middle Devonian year comprised 400 ± 7 days, 
and was divided into 13 lunar months of 30.5 days. The 
average increase in the length of day up to present times 
is 20 s Ma−1.

The length of the lunar month in Devonian times 
allows an estimate to be made of the Moon’s angular 
momentum at that time, and hence the deceleration of 
the Earth’s rotation resulting from tidal friction. The 
deceleration not accounted for in this way can be used 
to provide an estimate of the Devonian moment of 
inertia of the Earth, which is found to be 99.4–99.9% of 
its present value. Given the uncertainties in the calcula-
tion, the moment of inertia does not seem to have 
altered signifi cantly. The expansion of the Earth required 
to cause continental drift implies that the Devonian 
moment of inertia would have to have been only 94% 
of its present value. Consequently, such rapid expansion 
can be ruled out.
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12.3.2 Calculation of the 
ancient radius of the Earth

A rather less involved method of testing the expanding 
Earth hypothesis entails determining the paleoradius 
of the Earth using paleomagnetic techniques (Egyed, 
1960).

The method involves selecting sampling sites of the 
same age, on the same paleomeridian and differing as 
much as possible in paleolatitude. They must also be on 
a landmass that has been stable since the time the sites 
acquired their primary remanent magnetizations (Fig. 
12.2). Determining the paleolatitudes (φ1,φ2) of the sites 
then provides the angle originally subtended at the 
center of the Earth (φ1 + φ2). The known separation of 
the sites (d) can then be used to calculate the paleora-
dius of the Earth (Ra) according to the relationship Ra = 
d/(φ1 + φ2), where angles are expressed in radians. 
However, it is rare to fi nd two paleomagnetic sampling 
sites on the same paleomeridian so, in practice, this 
method is of limited applicability. Ward (1963) devised 
a more general minimum dispersion method that facili-
tates an analysis of arbitrarily distributed sampling sites. 
The dispersion of paleomagnetic poles from sites of the 
same age and known relative paleogeographic position 
is calculated, using the Fisher (1953) method for disper-

sion on a sphere, for different values of the Earth’s 
radius. The radius for which the dispersion of the poles 
is a minimum is taken to be the best estimate of the 
paleoradius. McElhinny et al. (1978) analyzed the paleo-
magnetic data available at that time using this method. 
They found that for the past 400 Ma the average paleo-
radius has been 102 ± 2.8% of the present radius. A 
small contraction or very slight expansion of the Earth 
could be tolerated by this analysis, but the very large 
increase in radius required by the expanding Earth 
hypothesis can be ruled out. Additional analyses by 
McElhinny & McFadden (2000) produced very similar 
results.

The expanding Earth hypothesis clearly does not 
stand up to direct testing. Also, indirectly the hypothesis 
cannot account for presently observable phenomena. If 
continental drift results from this mechanism there 
would be no necessity for subduction zones for the 
consumption of oceanic lithosphere, and no explana-
tion is provided for extensive zones affected by colli-
sional tectonics. The majority of plates are presently 
spreading in an east–west sense. If such a pattern results 
from an expanding Earth it would imply a progressive 
increase in the size of the equatorial bulge, which is not 
occurring. An expansion of the Earth would imply the 
existence of extensive zones subjected to membrane 
stresses as plates attempt to adjust to the increasing 
radius of curvature of the Earth, and these do not exist. 
Finally, the theory does not provide a mechanism for 
the continental drift that is known to have occurred in 
pre-Mesozoic times (Section 11.5).

12.4 IMPLICATIONS 
OF HEAT FLOW

The average vertical thermal gradient at the Earth’s 
surface is about 25°C km−1. If this gradient remained 
constant with depth, the temperature at a depth of 
100 km would be 2500°C. This temperature is in excess 
of the melting temperature of mantle rocks at this 
depth, and so a fl uid layer is implied. Such a molten 
layer does not exist because S waves are known to prop-
agate through this region (Section 2.1.3). Two possi-
bilities exist in explanation of this phenomenon: fi rst, 
that heat sources are concentrated above a depth of 

Figure 12.2 Parameters used in estimating the 
paleoradius of the Earth from paleomagnetic data.
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100 km; and second, that a more effi cient mechanism 
than conduction operates below this depth whereby 
heat is transferred at a much lower thermal gradient. 
These processes can be distinguished by considering the 
variation in heat fl ow over the Earth’s surface in con-
junction with the variation in content of radioactive 
minerals of different crustal types.

Heat fl ow generally decreases with the age of the 
crust (Sclater et al., 1980). Within the oceans heat fl ow 
decreases from the ocean ridges to the fl anking basins 
and it has been shown (Section 6.4) that this cooling 
correlates with a progressive thickening of the oceanic 
lithosphere and an increase in water depth. Similarly, 
the heat fl ow of backarc basins (Section 9.10) decreases 
with age, with the presently active basins exhibiting the 
greatest heat fl ow. Within continental regions the heat 
fl ow generally decreases with increasing time since the 
last tectonic event. Consequently, Precambrian shields 
are characterized by the lowest heat fl ow and young 
mountain belts by the highest.

The representation of the global pattern of heat 
fl ow is diffi cult because the density of the observations 
is highly variable so that the location of contours can 
be greatly biased by only a small number of measure-
ments. Chapman & Pollack (1975) overcame the 
problem of limited observations in some areas by 
predicting the heat fl ow in those areas on the basis 
of the correlation of heat fl ow with the age of the 
oceanic lithosphere and the age of the last tectonic 
event to affect continental crust. In Fig. 12.3 their results 
are presented by a spherical harmonic analysis of the 

heat fl ow measured or predicted in 5° × 5° grid areas 
of the globe. This procedure imparts a certain smooth-
ing of the true pattern, so that variations with wave-
lengths of less than about 3300 km are not represented. 
Figure 12.3 illustrates the high heat fl ow associated 
with the ocean ridge system and the youngest marginal 
basins of the western Pacifi c. Low heat fl ow values 
are associated with old oceanic crust and with 
Precambrian shields.

Histograms of heat fl ow measurements from 
oceans and continents are presented in Fig. 12.4. The 
greater dispersion of the oceanic values refl ects vari-
ability arising from localized extreme values at the 
crests of ocean ridges. By contrast, there are fewer 
extreme high or low values present in the continental 
values. The mean of oceanic heat fl ow measurements 
is 67 mW m−2. However, this only represents the heat 
loss by conduction, and ignores the heat reaching the 
surface by the discharge of hot fl uids such as water 
and lava. It is now recognized that the hydrothermal 
contribution accounts for about a quarter of the global 
heat loss, and that the average oceanic heat fl ow is 
101 mW m−2. The mean continental heat fl ow is 
65 mW m−2, including the small contribution from lavas. 
The global average heat fl ow is 87 mW m−2 (Pollack 
et al., 1993).

The majority of the heat escaping at the Earth’s 
surface originates from the decay of long-lived radioac-
tive isotopes of uranium, thorium and potassium 
(Section 2.13) which have half-lives of the same order 
as the age of the Earth. These isotopes are relatively 
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enriched in the upper continental crust, and it has been 
estimated that their decay contributes 18–38 mW m−2 to 
the observed heat fl ow (Pollack & Chapman, 1977). 
Consequently up to about 60% of the heat fl ow in 
continental regions may be generated within the upper 
10–20 km of the crust. The oceanic crust, however, is 
virtually barren of radioactive isotopes, and only about 
4 mW m−2 can be attributed to this source. Over 96% of 
the oceanic heat fl ow must originate from beneath the 
crust, and so different processes of heat supply must act 
beneath continents and oceans (Sclater & Francheteau, 
1970).

Thus, a large proportion of the continental heat 
fl ow is from sources concentrated at a shallow depth, 
and only a small sub-crustal component is required. 
Conversely, the majority of oceanic heat fl ow must 
originate at sub-crustal levels. Because of the melting 
problems discussed above, this heat must be trans-
ported under the infl uence of a low thermal gradient. 
The mechanism of heat transfer by convection is the 
only feasible process conforming to these constraints. 
Therefore, although heat transfer by conduction takes 
place within the rigid lithosphere, heat transfer by 
convection must predominate in the sublithospheric 

mantle. Indeed, conduction cannot occur to any great 
depth as the rate of heat transfer by this mechanism 
is much slower than required. The feasibility and form 
of such convection is discussed in the following 
sections.

12.5 CONVECTION
IN THE MANTLE

12.5.1 The convection process

The nature of convective fl ow in the mantle is prob-
lematic. Analytical solution is diffi cult because of the 
complex rheological structure, including the presence 
of a transition zone (Section 2.8.5), the presence of 
heat sources within the convecting layer as well as 
beneath it, the infl uence of an overlying rigid litho-
sphere on the pattern of convection, and the fact that 
the convecting layer has the form of a spherical shell. 
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However, as a result of advances in numerical simula-
tions and analogue modeling, and constraints on the 
pattern of convection supplied by seismic tomography 
and past and present plate motions, it is now possible 
to derive considerable information on the convective 
process.

Convection in a fl uid involves heat transport by 
motion of the fl uid caused by positive or negative 
buoyancy of some of the fl uid, that is, horizontal 
density contrasts or gradients within it. The latter are 
typically produced by more dense downwellings from 
a cold boundary layer or less dense upwellings from 
a hot boundary layer, but they may also be of com-
positional origin. Indeed one tends to think of a con-
vecting fl uid layer as being heated from below and 

cooled from above, in which case there is a hot thermal 
boundary layer at its base and a cold thermal bound-
ary layer at the top (Fig. 12.5a). However, it is possible 
that one of these boundary layers may be weak or 
absent. In addition, the fl uid layer may be heated from 
within (Fig. 12.5b,c). In Fig. 12.5b the lower boundary 
layer is missing and the fl uid is heated internally. The 
cold dense fl uid sinking from the top boundary layer 
drives convection and the upwelling is passive rather 
than buoyant; fl uid has to move upwards to create 
space for the sinking cold fl uid. The mantle is prob-
ably more like Fig. 12.5c in that it is heated from below, 
by heat fl owing from the core, and from within 
by radioactivity. In Fig. 12.5 if the temperature of 
the lower boundary is fi xed in each case then the 
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Figure 12.5 Sketches of convecting fl uid layers, and their associated temperature–depth profi les, illustrating the 
varying nature of the lower thermal boundary layer depending on the way in which the fl uid layer is heated (from 
Davies, 1999. Copyright © Cambridge University Press, reproduced with permission).
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temperature profi les will be as shown to the right of 
the fi gure. If there is no heating from below the tem-
perature in the interior of the fl uid will be the same 
as that at the base of the fl uid layer (Fig. 12.5b). If 
there is some heating from below, in addition to inter-
nal heating (Fig. 12.5c), then the interior of the con-
vecting fl uid will have an intermediate temperature 
between cases (a) and (b). This results in a greater 
drop in temperature across the upper boundary layer, 
and a lower drop in temperature across the lower 
boundary layer, compared to case (a). This effect of 
internal heating, whereby the top boundary layer is 
strengthened and the bottom boundary layer weak-
ened, may therefore be applicable to the mantle.

The effect of internal heating and the lack of a lower 
thermal boundary layer is illustrated in Fig. 12.6. This 
shows the results of two numerical models with param-
eters appropriate to the mantle. The three frames on 
the left relate to a model with heating from below and 
no internal heating and those on the right to a model 
with internal heating and no lower boundary layer. In 
the fi rst case one can clearly see cold sinking columns 
and hot rising columns analogous to Fig. 12.5a. In the 
right hand case only downwellings are apparent and the 
upwellings are passive and widely distributed (cf. Fig. 
12.5b).

Although instructive, these models probably do not 
accurately simulate convection in the mantle as they 

assume uniform viscosity throughout the convecting 
layer, a parallel-sided rather than a spherical layer, 
thermal convection alone and no phase changes within 
the fl uid. In the Earth’s mantle it is now thought that 
the viscosity increases with depth and that buoyancy is 
in part created by compositional variations. As discussed 
in Section 12.9 these two factors appear to stabilize 
the convective pattern for hundreds of millions of years, 
whereas the convective patterns developed in the 
models of Fig. 12.6 are clearly unstable over this period 
of time.

12.5.2 Feasibility of 
mantle convection

In order to gain insight into the feasibility and nature 
of convection within a spherical, rotating Earth, it is 
convenient to assume that the mantle approximates a 
Newtonian fl uid. Although this assumption may be 
erroneous, it does allow simple calculations to be made 
on the convective process.

The condition for the commencement of thermal 
convection is controlled by the magnitude of the dimen-
sionless Rayleigh number (Ra), which is defi ned as the 
ratio of the driving buoyancy forces to the resisting 
effects of the viscous forces and thermal diffusion.
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0.0 2840.Temperature 0.0 2840.Temperature
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Figure 12.6 Frames from numerical models illustrating (a) convection in a layer heated from below and (b) 
convection in a layer heated internally and with no heat from below (from Davies, 1999. Copyright © Cambridge 
University Press, reproduced with permission).
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Ra = αβρgd4/kη

where α is the coeffi cient of thermal expansion, β the 
superadiabatic temperature gradient (the gradient in 
excess of that expected to be associated with the increas-
ing pressure), ρ the density of the fl uid, g the accelera-
tion due to gravity, d the thickness of the convecting 
fl uid, k the thermal diffusivity (the ratio of the thermal 
conductivity to the product of density and specifi c heat 
at constant volume), and η the dynamic viscosity 
(Section 2.10.3). For convection in the mantle, the Ray-
leigh number corresponding to the onset of convection 
is approximately 103. This corresponds to the minimum 
temperature gradient required for convection to occur. 
For the actual temperature gradient the Rayleigh 
number is of the order of 106 or greater. This implies 
very favorable conditions for convection and, as a con-
sequence, thin boundary layers compared to the total 
layer thickness.

The nature of the fl ow in a convecting fl uid can be 
judged by the magnitude of the Reynolds number (Re), 
which allows discrimination between laminar and 
turbulent fl ow. Re is defi ned:

Re = vd/v

where v is the velocity of fl ow and ν is the kinematic 
viscosity (the ratio of the dynamic viscosity, η, to 
density). Taking v = 200 mm a−1 = 6 × 10−9 ms−1, d = 
3000 km = 3 × 106 m and ν = 2 × 1017 m2 s−1, Re = 9 × 
10−20. This very low value indicates that viscous forces 
dominate and hence the fl ow is laminar. The effect of 
the Earth’s rotation on convection can be judged by the 
magnitude of the Taylor number (T), which is 
defi ned:

T = (2wd2/ν)2

where w is the angular velocity of rotation. Putting 
w = 7.27 × 10−5 rad s−1 and other values as above, T ≈ 4 
× 10−17. A value of T less than unity implies no signifi -
cant effect of rotation on convection and so the Earth’s 
rotation should have no effect on the pattern of mantle 
convection.

The effi ciency of convection is measured by the 
Nusselt number (Nu), which is the ratio of the total heat 
transferred to that transferred by thermal conduction 
alone. Elder (1965) computed experimentally the rela-
tionship between Nu and Ra. He found that at values of 
Ra appropriate to marginal convection Nu is unity and 

very little heat is transferred by convection. At Ra values 
106 or greater, appropriate to the mantle, Nu is about 
100, indicating the predominance of heat transfer by 
convection.

12.5.3 The vertical extent 
of convection

The mantle transition zone (Section 2.8.5) may well 
infl uence the nature or even the vertical extent of con-
vection in the mantle. If this zone represents a change 
in chemical composition, then it implies that convection 
currents do not cross it. In this case separate layers of 
convective circulation would occur above and below the 
transition zone, with heat transported by conduction 
across a thermal boundary layer within all or part of 
the transition zone.

The nature of the mantle transition zone is equivo-
cal, but the majority view appears to be that it repre-
sents a region in which solid state phase changes take 
place, whereby the mineralogy of mantle material 
changes to higher pressure forms with depth, rather 
than representing a change in chemical composition 
(Section 2.8.5). For example, Watt & Shankland (1975) 
have shown, from an inversion of velocity–density data, 
that the mean atomic weight of the mantle shows no 
change across the transition zone. If this is the case, 
convection currents could cross the transition zone, as 
long as the phase changes take place very rapidly, and 
convection cells would then be mantle wide. The phase 
changes would have two important effects on convec-
tion, as they are temperature and pressure dependent 
and involve latent heat. In the case of olivine to spinel 
the change from low pressure to high pressure forms 
takes place at shallower than average depths in the 
cold descending currents and at greater than average 
depths in the hot ascending currents. Consequently, 
low-density minerals are created deeper on ascent and 
denser, high-pressure forms at shallower depths on 
descent. Their positive and negative buoyancies respec-
tively then help to drive the convection cells. The phase 
change is also associated with a release or absorption of 
latent heat, the high- to low-pressure reaction being 
exothermic and the low to high-pressure reaction being 
endothermic. This causes steepening of the thermal 
gradient across the transition zone, so that the tem-
perature in the lower mantle is 100–150°C higher than 
if the zone did not exist.
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Tackley et al. (1993) have numerically modeled 
mantle convection in three dimensions with an endo-
thermic phase change at the base of the transition zone. 
They suggest that cold downwelling material accumu-
lates above 660 km and then periodically fl ushes into the 
lower mantle. This fi ts well with the results of seismic 
tomographic imaging of subduction zones, which sug-
gests that some slabs fl atten out within the transition 
zone and others penetrate the base of the zone and 
descend into the lower mantle (Section 9.4; (Plate 9.2 
between pp. 244 and 245).

Thus, the transition zone may not be a barrier 
to mantle-wide convection, and a number of workers 
have presented evidence in accord with this premise. 
Kanasewich (1976) noted an organized distribution 
of plates, in which the Pacifi c and African plates are 
approximately circular with the smaller plates having 
an approximately elliptical form and arranged sys-
tematically between these two large plates. Kanasewich 
attributed this organization to convection that is 
mantle-wide. Davies (1977) conducted model experi-
ments and concluded that only extreme viscosity 
contrasts would restrict convection to the upper 
mantle, and maintained that such contrasts do not 
exist. Elsasser et al. (1979) employed a scaling analy-
sis in which the depth of convection is derived as a 
function of known parameters, and concluded that 
this depth is consistent with convection throughout 
the entire mantle. The topography on the base of 
the mantle transition zone has an amplitude of about 
30 km (Shearer & Masters, 1992), which is an order 
of magnitude lower than predicted for a chemical, 
rather than a phase, change at this depth. Morgan 
& Shearer (1993) derived the buoyancy distribution 
in the mantle from seismic tomographic maps and 
concluded that there must be signifi cant fl ow between 
the lower and upper mantle. However, other work, 
summarized by van Keken et al. (2002), suggests that 
the geochemical and isotopic pattern of trace ele-
ments found in oceanic volcanic rocks supports a 
model in which portions of the mantle have been 
chemically isolated for much of Earth history. This 
would suggest that the mixing implied by whole 
mantle convection has not occurred, and that layered 
convection is more likely. However, in the light of 
the geophysical evidence for mantle-wide convection 
many geochemists have derived models in which dis-
tinct chemical reservoirs can be preserved within this 
context (e.g. Tackley, 2000; Davies et al., 2002). It 
would seem, therefore, that convective circulation is 

most likely to be mantle-wide and not constrained 
by the transition zone.

12.6 THE FORCES 
ACTING ON PLATES

In order to understand the structural styles and 
tectonic development of plate margins and interiors, 
it is necessary to consider the nature and magnitude 
of all the forces that act on plates. Forsyth & Uyeda 
(1975) solved the inverse problem of determining the 
relative magnitude of plate forces from the observed 
motions and geometries of plates. Since the present 
velocities of plates appear to be constant, each plate 
must be in dynamic equilibrium, with the driving 
forces being balanced by inhibiting forces. Forsyth & 
Uyeda (1975) used the corollary of this, that the sum 
of the torques on each plate must be zero, to deter-
mine the relative size of the forces on the 12 plates 
which they assumed make up the Earth’s surface. The 
asthenosphere’s role in this scenario was considered 
to be essentially passive. A similar set of computations 
based on a similar method, and providing similar 
results, was made by Chapple & Tullis (1977). The 
following description of forces is based on the exten-
sions of the work of Forsyth & Uyeda (1975) made 
by Bott (1982).

At ocean ridges the ridge push force FRP (Fig. 12.7) 
acts on the edges of the separating plates. This derives 
from the buoyancy of the hot infl owing material causing 
the elevation of the ridge and hence an additional 
hydrostatic head at shallow depths which acts on the 
thinner lithosphere at the ridge crest. It may also arise 
from the cooling and thickening of the oceanic litho-
sphere away from the ridge (Section 6.4), which exerts 
a pull on the ridge region. Hence, it is basically a grav-
itational force. The ridge-push force may be two or 
three times greater if a mantle plume (Section 5.5) 
underlies the ridge (Bott, 1993), because of the increased 
pressure in the asthenosphere at the ridge crest. The 
separation of plates at ocean ridges is opposed by a 
minor ridge resistance RR that originates in the brittle 
upper crust and whose existence is demonstrated by 
earthquake activity at ridge crests. The resisting forces 
are small so that the net effect is the presence of a 
driving force.
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Beneath plate interiors a mantle drag force acts on 
the base of both the oceanic and continental litho-
spheres if the velocity of the underlying asthenosphere 
differs from that of the plate. If the asthenosphere 
velocity exceeds that of the plate, mantle drag enhances 
the plate motion (FDO, FDC), but if the asthenosphere 
velocity is lower, as shown in Fig. 12.7, the mantle drag 
tends to resist plate movement (RDO, RDC). Mantle drag 
beneath continents is about eight times the drag beneath 
oceans; this may be due to the increased thickness of 
the subcontinental lithosphere beneath cratonic areas 
(Sleep, 2003).

At subduction zones the major force acting on plates 
results from the negative buoyancy (FNB) of the 
cold, dense slab of descending lithosphere. Part of this 
vertical force is transmitted to the plate as the slab-pull 
force FSP . The density contrast, and hence FNB, is greatly 
enhanced at depths of 300–400 km where the olivine–
spinel transition occurs in the slab. FSP is opposed by a 
slab resistance (RS), which mainly acts on the leading 
edge of the descending plate where it is fi ve to eight 
times greater than the viscous drag on its upper and 
lower surfaces. Underthrusting involves a downward 
fl exure of the lithosphere in response to FNB, and since 
it behaves in an elastic manner in the top few tens of 
kilometers fl exure is opposed by a bending resistance 
(RB). A further resistance to motion at subduction zones 
is the friction between the two plates. This overriding 

plate resistance (RO) is expressed in the intense earth-
quake and tectonic activity observed at shallow depths 
at destructive plate margins. The downgoing slab 
achieves a terminal velocity when FSP is nearly balanced 
by RS + RO. If FSP exceeds RS + RO, the slab descends at 
greater than the terminal velocity and throws the slab 
into tension at shallow depths. If FSP is less than RS + 
RO the slab is thrown into compression. The balance 
between driving and resistive forces may thus control 
the distribution of stress types, as revealed by earth-
quake focal mechanism solutions, within downgoing 
slabs (Section 9.4).

In the region on the landward side of subduction 
zones the overriding lithosphere is thrown into tension 
by the trench suction force (FSU). There are several pos-
sible causes of this force (Fig. 12.8):

1 It may arise because the angle of subduction 
becomes progressively greater with depth (Fig. 
12.8a). Tension would then arise as the 
overriding plate collapses toward the trench.

2 The tension could result from the “roll-back” of 
the underthrusting plate (Fig. 12.8b). That is, 
the downgoing slab retreats from the overriding 
plate.

3 Tension could be generated by secondary 
convective fl ow in the region overlying the 
downgoing slab (Fig. 12.8c). This would require 

Figure 12.7 Some of the forces acting on plates (developed from Forsyth & Uyeda, 1975, by Bott, 1982, reproduced by 
permission of Edward Arnold (Publishers) Ltd).
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4 Tension may arise from any of several 
mechanisms proposed for the formation 
of backarc basins on the landward side of 
subduction zones (Fig. 12.8d) as described in 
Section 9.10. However, once backarc spreading 
commences the landward plate becomes 
decoupled from the trench system (Fig. 12.8e).

When two plates of continental lithosphere are 
brought into contact after the complete consumption 
of an intervening ocean at a subduction zone, the 
resistance to any further motion is known as collision 
resistance. The mechanism of this resistance is complex 
because it takes place both at the suture between the 
plates and within the overriding plate (Sections 10.4.3, 
10.4.6). Finally, transform fault resistance affects conser-
vative plate margins in both continental and oceanic 
areas. The resistance acts parallel to the faults and gives 
rise to earthquakes with a strike-slip mechanism (Section 
2.1.5) confi ned to a shallow depth. More complex resis-
tance is encountered where the fault trend is sinuous so 
that motion is not purely strike-slip (Section 8.2).

The relative magnitude of the forces acting on plates 
and their relevance to the driving mechanism of plate 
tectonics will be discussed in Section 12.7.

12.7 DRIVING 
MECHANISM OF 
PLATE TECTONICS

The energy available to drive plate motions is the heat 
generated in the core and mantle that is brought to the 
surface by convection in the mantle. It now remains to 
consider the manner in which this thermal energy is 
employed in driving the lithospheric plates. The pro-
posal by Morgan (1971, 1972b) that plates are driven by 
the horizontal fl ow of material brought to the base of 
the lithosphere by hotspots was discounted initially 
(Chapple & Tullis, 1977), as the lateral fl ow would prob-
ably be equal in all horizontal directions and thus would 
not apply a directional force to the plates. Two models 
have been proposed. The classical, or mantle drag, 
model considers that the upper, cool, boundary layer of 
the convecting system is represented by the upper part 
of the asthenosphere, and that plates are driven by the 
viscous drag of the asthenosphere on their bases. By 

Figure 12.8 Possible sources of the trench suction force 
(after Forsyth & Uyeda, 1975, with permission from 
Blackwell Publishing).

a relatively high geothermal gradient giving rise 
to a relatively low viscosity in the asthenosphere 
(Section 12.5.2).
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contrast, the edge-force model recognizes the litho-
sphere itself as the upper, cool boundary layer of the 
convection cells and proposes that the plates are driven 
by forces applied to their margins. The two models thus 
differ in the importance placed on the various forces 
acting on plates (Section 12.6) described by Forsyth & 
Uyeda (1975).

12.7.1 Mantle drag mechanism

Mantle drag was the fi rst driving mechanism to be pro-
posed, and envisages plate motion in response to the 
viscous drag exerted on the base of the lithosphere by 
the lateral motion of the top of mantle convection cells 
in the asthenosphere (Fig. 12.9a). The convection cells 
would consequently rise beneath oceanic ridges and 
descend beneath trenches, being largely absent beneath 
continental regions. This mechanism predicts that the 
oceanic lithosphere would be in a state of tension at the 
ocean ridges and compression at the trenches.

Because of their relationship to accretive and destruc-
tive plate margins, the horizontal dimensions of the 
convection cells powering mantle drag would be 
expected to be about half the width of an ocean, that 
is, 3000 km. This great lateral extent implies that the 
cells should have a relatively simple form. It is conse-

quently diffi cult to explain how cells of simple geome-
try could drive plates with irregularly shaped margins, 
such as the Mid-Atlantic Ridge at equatorial latitudes 
where it is offset along a suite of transform faults. Also, 
the constant geometry of the convection cells cannot 
explain the relative movements between plate margins, 
such as is happening between the Mid-Atlantic and 
Carlsberg ridges. The large horizontal dimensions of 
the cells cannot account for the movements of small 
plates, such as the Caribbean and Philippine plates, 
which can hardly be powered by their own individual 
convective systems.

It would therefore seem that the classical mantle 
drag mechanism is not the main process causing the 
mobility of plates. It is possible, however, that our views 
on mantle drag are biased by the fact that the present 
continents are dispersed. Ziegler (1993) argues that 
mantle drag may have been a signifi cant mechanism 
during supercontinent break-up and, indeed, Phanero-
zoic plate motions appear to require this mechanism 
(Section 12.11).

12.7.2 Edge-force mechanism

In this mechanism the oceanic lithosphere represents 
the top of the convection system, and the plates move 

Figure 12.9 Two concepts of plate driving mechanism: (a) cellular convection, with the cells exerting a mantle drag on 
the lithosphere; (b) Orowan–Elsasser-type convection, with plates driven by edge forces (redrawn from Bott, 1982, by 
permission of Edward Arnold (Publishers) Ltd).
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in response to forces applied to their edges (Fig. 12.9b). 
The mechanism was fi rst proposed by Orowan (1965) 
and Elsasser (1969, 1971) and is sometimes referred 
to as Orowan–Elsasser-type convection (Davies & 
Richards, 1992).

Only a small percentage of the energy supplied from 
the mantle is available to drive the plates, but this frac-
tion is adequate to power the present plate motions 
(Bott, 1982). The energy is utilized by the lithosphere 
to drive the plates in several ways. The ridge-push force 
(Section 12.6) originates from the uplift of the ridge 
crest caused by the anomalously hot asthenosphere 
beneath it. This provides a lateral push to the rear of 
accreting oceanic lithosphere. The slab-pull force 
(Section 12.6) arises from the negative buoyancy of the 
downgoing slab at trenches, and is assisted by phase 
changes to denser forms that affect minerals in the slab 
at increased pressure. The slab-pull force is potentially 
some four times larger than the ridge-push force, 
although in practice much of this force is probably uti-
lized in overcoming slab resistance (Chapple & Tullis, 
1977). The trench suction force (Section 12.6) originates 
from the geometry of the downgoing slab and also 
provides a signifi cant driving force.

The edge-force mechanism can account for many 
phenomena more satisfactorily than the mantle drag 
mechanism, in particular:

1 It is more acceptable thermodynamically and is 
much more effective in transporting heat from 
the mantle.

2 It is consistent with the observed pattern of 
intraplate stress. As discussed in Section 12.7.1, 
the mantle drag mechanism implies tension at 
ocean ridges and compression at trenches. The 
edge-force mechanism would give rise to the 
opposite stress confi guration, and this is in 
accord with the stress regime indicated by focal 
mechanism solutions of intraplate earthquakes.

3 It is reconcilable with the present plate motions, 
in particular with the observations of Forsyth 
& Uyeda (1975) that:

 (a) plate velocity is independent of plate area 
(Fig. 12.10a). If mantle drag were 
operative it would be expected that the 
greatest velocities would be experienced 
by plates with the greatest area over which 
the mantle drag would act;

 (b) plates attached to downgoing slabs move 
more rapidly than other plates (Fig. 

12.10b). This is in accord with the slab-pull 
force being greater than other forces 
affecting the plates;

 (c) plates with a large area of continental 
crust move more slowly (Fig. 12.10c). This 

Figure 12.10 Correlations of plate parameters with 
plate velocity: (a) plate area; (b) plate circumference 
connected to downgoing slab (open bar, total length; 
fi lled bar, effective length); (c) continental area of plate 
(redrawn from Forsyth & Uyeda, 1975, with permission 
from Blackwell Publishing).
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implies that mantle drag inhibits the 
motion of such plates rather than driving 
them.

The mechanism also provides a reasonable explana-
tion of the motions of small plates.

Consequently, the edge-force mechanism of plate 
movement appears to be much more successful in 
explaining all observed phenomena, and has been 
adopted by most workers, certainly for present-day 
plate motions.

12.8 EVIDENCE FOR 
CONVECTION IN THE 
MANTLE

12.8.1 Introduction

A fundamental axiom of plate tectonics is that oceanic 
lithosphere is formed from mantle material at mid-
ocean ridge crests and returned to the mantle in sub-
duction zones. Thus, plate creation, movement and 
destruction provide evidence for convection in the 
mantle. There must be downwellings in the mantle 
associated with subduction zones and upwelling beneath 
mid-ocean ridge crests. However, beyond this, plate 
tectonics provides no evidence for the location of the 
return fl ow in the mantle, or the depth extent of con-
vection other than the seismicity associated with sub-
ducting slabs (Section 9.4). One must turn therefore to 
other lines of evidence for information on the pattern 
of convection in the deep mantle.

12.8.2 Seismic tomography

Much important information on the three-dimensional 
structure of the mantle has been supplied by seismic 
tomography (Section 2.1.8). Convection is driven by 
lateral differences in temperature and density. These 
variables affect seismic velocity, which typically decreases 
with decreasing density and increasing temperature 
(Dziewonski & Anderson, 1984). By mapping velocities 
in the mantle it is possible to infer the differences in 

temperature and density that are a consequence of con-
vection. Also, by mapping seismic anisotropy both ver-
tically and laterally it is possible to obtain estimates of 
the direction of mantle fl ow.

The fi rst three-dimensional seismic velocity models 
for the mantle derived by the tomographic technique 
were published in the early 1980s (Woodhouse & 
Dziewonski, 1984). Since then there have been great 
improvements in data quality, geographic coverage, and 
processing techniques, and the resolution of subse-
quent models has greatly improved. However, many 
of the essential features of the velocity variations were 
apparent in the earliest models. Plate 12.1 (between 
pp. 244 and 245) shows the variations in the shear 
wave velocity at 12 depths in the mantle according to 
model S16B30 of Masters et al. (1996). It is immediately 
apparent that the greatest variations occur near the 
top and bottom of the mantle, presumably within or 
in the vicinity of the thermal boundary layers. Within 
the top 200 km the perturbations are very closely related 
to surface tectonic features. Ocean ridges, the rifts of 
northeast Africa, and the active backarc basins of the 
western Pacifi c are all underlain by anomalously low 
velocity mantle. Continental areas in general, and shield 
areas in particular, are underlain by the highest veloc-
ities, and older oceanic crust by relatively high veloc-
ities. These variations essentially refl ect the different 
thermal gradients and hence the thickness of the 
lithosphere in these areas (Section 11.3.1). Between 
200 and 400 km most of these generalizations still apply 
but the velocity contrasts are lower. A notable excep-
tion is the mantle beneath the backarc basins where 
the slow velocities at shallower depths have been 
replaced by near zero anomalies. In the transition zone 
(e.g. 530 km) the variations are in general quite small 
and the correlation with surface features has largely 
broken down. Again an exception is the mantle beneath 
the backarc basins of the western Pacifi c, which, at 
this depth, is characterized by high velocities presum-
ably associated with cold subducted lithosphere. In 
the lower mantle (depths greater than 660 km) the 
variations in shear wave velocity are generally quite 
small (less than ±1.5%), but a persistent feature is a 
ring of higher than average velocities beneath the rim 
of the Pacifi c. This becomes particularly marked in 
the lowest 400 km of the mantle (e.g. depths of 2500 
and 2750 km). At depths greater than 2000 km, large 
regions of anomalously low velocity occur beneath 
the central Pacifi c, and beneath southern Africa and 
part of the South Atlantic.
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Plate 12.2 (between pp. 244 and 245) shows four 
cross-sections through the shear wave velocity model 
of Masters et al. (1996), each on a plane passing through 
the center of the Earth. Three of these sections are 
longitudinal sections, that is, the planes also pass 
through the north and south poles; the fourth is an 
equatorial section. Note that in each cross-section the 
great circle showing the intersection of the plane of 
the section with the Earth’s surface is the smallest 
circle on the diagram. Plate 12.2a (between pp. 244 
and 245) clearly illustrates the way in which the high 
velocities associated with continental areas, such as 
North America and Eurasia, and the low velocities 
associated with mid-ocean ridges, such as the East 
Pacifi c Rise and the mid-Indian Ocean ridge, only 
extend to depths of 200–400 km within the upper 
mantle. The section in Plate 12.2b (between pp. 244 
and 245) passes through the central Pacifi c and south-
ern Africa and reveals the low velocity regions in the 
lowermost mantle beneath these areas, and the way 
in which they have their greatest extent at the core–
mantle boundary. In this section it is also noteworthy 
that beneath Alaska higher than average velocities 
extend from the surface to the core, and that beneath 
parts of the Pacifi c and to the south of South Africa 
low velocities extend from the surface to the core–
mantle boundary. Plate 12.2c (between pp. 244 and 
245) shows that low velocities also exist from the 
surface to the core beneath the region of the Azores 
and the Canary Islands in the North Atlantic. As the 
sections shown in Plate 12.2a–c (between pp. 244 and 
245) all pass through both poles they all have low 
velocity regions in the upper mantle associated with 
the Arctic ridge and high velocities in the upper mantle 
beneath the continent of Antarctica. The equatorial 
section of is particularly instructive and revealing in 
that it not only passes through the low velocity regions 
in the lowermost mantle beneath southern Africa and 
the central Pacifi c but also shows that the high veloc-
ity regions associated with subduction beneath South 
America and the Indonesian region extend continu-
ously through the transition zone and the lower mantle 
to the core–mantle boundary. Moreover it illustrates 
that these two pairs of features, which may represent 
hot upwellings and cold downwellings respectively, are 
approximately diametrically opposite to each other.

As discussed in Section 2.10.6, measurements of 
seismic anisotropy in the mantle can yield information 
on the pattern of fl ow. Depending on the deformation 

mechanism and the minerals involved crystal lattices 
can be preferentially aligned causing seismic waves to 
propagate with different velocities in different direc-
tions. The preferential alignment of olivine by fl ow in 
the upper mantle for example gives rise to the highest 
seismic velocities in the fl ow direction (Karato & Wu, 
1993). Studies of seismic anisotropy in the upper mantle 
reveal fl ow directions that are in general parallel to plate 
motions with indications of vertical fl ow beneath mid-
ocean ridges and in the vicinity of subduction zones 
(Park & Levin, 2002).

Most of the lower mantle is isotropic. This is 
probably because under the temperature, pressure and 
deformation mechanism pertaining in the lower mantle 
the minerals present, such as perovskite and magne-
towüstite, are effectively isotopic (Karato et al., 1995). 
In the lowermost mantle, the D″ layer, seismic anisot-
ropy has been observed (Section 2.10.6). It is thought to 
refl ect deformation due to horizontal fl ow in general, 
but at the base of the low velocity regions beneath the 
central Pacifi c and southern Africa there are indications 
of vertical fl ow suggesting the onset of upwelling 
(Panning & Romanowicz, 2004).

12.8.3 Superswells

The most pronounced features in the lower mantle 
revealed by seismic tomography are two extensive 
regions of low velocity beneath the south Atlantic 
and southern Africa, and the central and southwest 
Pacifi c (Plates 12.1, 12.2 between pp. 244 and 245). 
These correlate with anomalously high elevation of 
the Earth’s surface in these areas. Indeed the width 
of the topographic swell in each case, several thousand 
kilometers, is so large that they have been termed 
superswells (McNutt & Judge, 1990; Nyblade & Rob-
inson, 1994). This is in contrast to the topographic 
swells associated with hot spots that are typically less 
than 1000 kilometers across. However the elevated 
topography and bathymetry of superswells cannot be 
explained by anomalously high temperatures and/or 
low density rock types in the lithosphere and asthe-
nosphere beneath these regions (Ritsema & van Heijst, 
2000). The only plausible explanation is that they 
are dynamically supported by major upwellings of 
hot material in the lower mantle (Hager et al., 1985; 
Lithgow-Bertelloni & Silver, 1998). These hot, low 
velocity regions, defi ned by seismic tomography, appear 
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to rise from the thermal boundary layer at the core–
mantle boundary (Plate 12.2 between pp. 244 and 245) 
(Section 12.8.4).

Just as upwellings in the mantle produce regional 
uplift of the Earth’s surface, downwellings produce 
regional subsidence (Gurnis, 2001). The most notable 
example of depressed crust at the present day is the 
Indonesian region. This is situated above anomalously 
high seismic velocities in the transition zone and upper 
part of the lower mantle (Plate 12.2b between pp. 244 
and 245) that probably refl ect a confl uence of downgo-
ing lithospheric slabs. Seismic tomography can only 
map regions of low and high velocity, and hence pos-
sible upwellings and downwellings in the mantle, at 
the present day. However, evidence from the geologic 
record for regional scale elevation and subsidence of 
the Earth’s crust may indicate that a particular area 
has been underlain by a major mantle upwelling or 
deep subducting slabs in the past. Originally it was 
assumed that changes in sea level, causing major marine 
transgressions and regressions on continental crust, 
were synchronous worldwide, away from areas of 
active tectonism. However, as more data accumulated 
it became clear that this was not so, although an 
obvious explanation was lacking. It is now apparent 
that elevation and subsidence of the lithosphere associ-
ated with convection in the mantle, could provide an 
explanation for what were previously some very enig-
matic observations.

Denver, Colorado in the central USA has an eleva-
tion of 1.6 km but is underlain by Cretaceous sediments 
typical of shallow water deposition. At that time the 
Farallon plate, the eastern fl ank of the East Pacifi c Rise 
in the northeast Pacifi c, was being subducted beneath 
western and central North America and is thought to 
have caused depression of the crust above it. With the 
progressive elimination of the East Pacifi c Rise in the 
northeast Pacifi c throughout the late Cenozoic, the Far-
allon plate has become detached and continues to sink 
eastwards, allowing the buoyancy of the crust of the 
western and central USA to reassert itself, thereby 
causing the uplift of the Colorado region. Van der Hilst 
et al. (1997), using seismic tomography, imaged the 
sinking Farallon plate 1600 km beneath the eastern 
USA. Similar anomalous vertical movements of parts of 
Australia since the early Cretaceous are thought to be 
due to the infl uence of downwellings created by sub-
duction zones, initially to the east of Australia, and 
more recently to the north (Gurnis et al., 1998).

12.8.4 The D″ layer

It has long been recognized that the greatest contrasts 
in physical properties and chemical composition within 
the Earth occur at the core–mantle boundary and that 
this is almost certainly the location of a thermo-chemi-
cal boundary layer (Section 2.8.6). Initially, seismolo-
gists were unable to detect any layering in the lower 
mantle and referred to it as Layer D (Bullen, 1949). 
Subsequently it was realized that a layer at the base of 
the mantle, perhaps 2–300 km thick, has distinctive, if 
variable, characteristics; typically lower seismic veloci-
ties or a lower velocity gradient than in the lower 
mantle above. Hence the lower mantle is now divided 
into two seismologic layers D′ and D″. With further 
refi nements in seismologic techniques, studies of 
seismic waves refl ected, refracted and diffracted at the 
core–mantle boundary have revealed remarkable details 
of the complexity and lateral variability of layer D″. 
The geographic distribution of earthquakes and seis-
mologic observatories is such that not all parts of the 
layer can be studied in the same degree of detail. Clearly 
for such a remote layer, that is now thought to have 
vertical and horizontal variability analogous to that of 
the lithosphere, this poses quite a challenge for future 
seismologic studies.

Figure 12.11 illustrates the picture that is emerging 
of the nature of layer D″ for three very different regions 
for which detailed studies have been possible: beneath 
central America, Hawaii, and southern Africa. The 
upper boundary of the layer is characterized by a veloc-
ity discontinity. Below this there may be an increase or 
decrease in the seismic velocities, particularly the shear 
wave velocity, or a decrease in the velocity gradient with 
depth. A velocity increase is most marked beneath 
regions where there are subducting slabs such as Central 
America (Fig. 12.11a). In a 5- to 50-km-thick layer imme-
diately above the core–mantle boundary there is often 
a zone of ultra-low seismic velocities, with decreases in 
the shear wave velocity of 10–50%. This implies partial 
melting with more than 15% melt (Thybo et al., 2003). 
These ultra-low velocity zones (ULVZ) are most exten-
sively developed beneath major hotspots such as Hawaii 
(Fig. 12.11b) and beneath the superswells, and inferred 
upwellings, of the central Pacifi c and southern Africa 
(Fig. 12.11c). Unlike the variations in seismic velocity in 
the main part of the lower mantle, that are thought to 
be largely due to temperature differences, the marked 
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lateral and vertical variations within layer D″ may be 
caused by variations in chemical composition, mineral-
ogic phase changes and/or varying degrees of partial 
melting, in addition to temperature differences. Com-
positional variations may be due to the mixing of 
molten iron from the core with the perovskite of the 
mantle to form new high-pressure minerals (Section 
2.8.6). It is thought that this is most likely to occur in 
the ULVZs where it is facilitated by higher tempera-
tures, partial melting, and low viscosity. The result 
would be a chemically distinct, high-density layer but 
with a low viscosity. A phase change in perovskite to a 
denser and strongly anisotropic form is an interesting 
possibility as some parts of the D″ layer exhibit a 
marked anisotropy. It is thought that this anisotropy 
may be induced by subducted slabs beneath down-
wellings and by shear fl ow beneath upwellings.

It seems likely that the slabs of subducted lithosphere 
that sink into the lower mantle affect the nature of the 
D″ layer beneath them, most notably its temperature. 
This in turn will modulate the fl ow of heat from the 
core which will infl uence convection in the core and the 
nature of the Earth’s magnetic fi eld, and determine 
where fl ow may occur within and above layer D″.

12.9 THE NATURE 
OF CONVECTION IN 
THE MANTLE

The evidence for convective fl ow in the mantle, from 
seismic tomography and studies of the regional eleva-
tion and subsidence of the Earth’s surface, strongly 
suggests that there are two main driving forces for this 
convection. The negative buoyancy of cold subducting 
lithosphere would appear to determine the main sites 
of downwelling, and the positive buoyancy of hot, low 
viscosity material originating in the lowermost, D″, 
layer of the mantle determines the upwellings. These 
two complementary modes of convection in the mantle 
have been termed the plate and plume modes, respec-
tively (Davies, 1999). Both have their origins in thermal 
boundary layers: the plate mode in the lithosphere 
immediately beneath the Earth’s surface, and the plume 
mode in the D″ layer of the mantle, immediately above 
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Figure 12.11 Sections through the Earth’s interior beneath regions centered on (a) central America, (b) Hawaii, and (c) 
South Africa, illustrating variations in the nature of the D″ layer (reproduced from Garnero, 2004, Science 304, 834–6, 
with permission from the AAAS).
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the core–mantle boundary. As Davies (1993) has aptly 
put it, the plate mode is crucial in cooling the mantle, 
by the creation of oceanic lithosphere, and the plume 
mode releases heat from the core. The heat released by 
the plate mode is thought to be much greater than that 
released from the core as the mantle is heated internally 
by radioactivity. One might expect therefore that 
the plate mode is dominant. These two very different 
modes of convection need not necessarily be strongly 
coupled. However it is noteworthy that the two major 
upwellings at the present day, beneath southern Africa 
and the south central Pacifi c, are at the centers of the 
expanding ring of subduction zones around what was 
Gondwana and the contracting ring of subduction 
zones around the Pacifi c respectively, and hence distant 
from the cooling effect of the subducting slabs that 
appear to extend to the core–mantle boundary ((Plate 
12.2 (between pp. 244 and 245), Fig. 12.12). It is also 
striking that these two active upwellings do not corre-
spond directly to mid-ocean ridges. This is consistent 
with the interpretation of the upwelling beneath ridges 

being entirely passive. Meguin & Romanowicz (2000) 
and Montelli et al. (2004b) note that there is evidence 
in their mantle tomographic models for lateral fl ow in 
the upper mantle from the African upwelling to the 
Atlantic and Indian Ocean ridges, and from the Pacifi c 
upwelling to the East Pacifi c Rise. If so this would com-
plete the elusive route of the return fl ow from sub-
duction zones to mid-ocean ridges, or at least provide 
one such route.

The scale, or wavelength, of this gross pattern of 
convection in the mantle is greater than that predicted 
by analogue experiments and early numerical models 
assuming a Rayleigh number greater than 106. It tran-
spires that this is because these models assumed uniform 
viscosity throughout the convecting layer. In the Earth’s 
mantle the viscosity varies with both temperature 
and pressure. For the relevant temperature gradient in 
the mantle the effect of increasing pressure with depth 
almost certainly means that the viscosity of the 
lower mantle is signifi cantly greater than that of the 
upper mantle. Bunge et al. (1997) investigated three-
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Figure 12.12 Cartoon showing an approximately equatorial section through the Earth and illustrating the 
possible relationship of subduction zones, superswells, plumes, and mid-ocean ridges (MOR) to the gross pattern of 
circulation in the mantle. Note that deep-seated or primary plumes, such as Afar, Reunion, Tristan, Hawaii, Easter, and 
Louisville, are peripheral to the superswells, and that secondary plumes are common above the Pacifi c superswell. The 
mid-ocean ridges are a passive response to the plate separation and not systematically related to the main convective 
pattern.
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dimensional spherical convection models of the mantle 
in which the viscosity of the lower mantle was 30 times 
that of the upper mantle. They found that not only was 
the wavelength of the resulting convection greater but 
that long linear downwellings formed from the upper 
boundary layer; both effects making the pattern of con-
vection very comparable to that deduced for the mantle. 
The convective pattern also had greater temporal 
stability.

Researchers also have investigated the effect on 
mantle convection of the endothermic phase change at 
a depth of 660 km, the base of the transition zone. For 
plausible physical characteristics of this phase change 
the results suggest that it might inhibit but not prevent 
the passage of upwellings and downwellings through it. 
This is consistent with the results of seismic tomogra-
phy that indicate that the transition zone has some 
effect but that it is not suffi cient to impede whole mantle 
convection (Montelli et al., 2004b).

The chemical heterogeneity of layer D″ (Section 
12.8.4) means that it acts as a thermochemical, rather 
than a thermal boundary layer. Indeed where it is 
hottest it is essentially a thermal boundary layer over a 
chemical boundary layer, the ultra-low velocity zone 
(ULVZ). Upwellings of the low viscosity, low density 
thermal boundary layer at these points entrain the low 
viscosity but higher density chemical boundary layer to 
a height of 50–100 km depending on the strength of the 
upwelling (Fig. 12.13). Analogue experiments (Davaille, 
1999) indicate that the nature of the upwelling depends 
on the ratio of the stabilizing chemical density anomaly 
to the destabilizing thermal density anomaly. If this 
is greater than 1, a plume-like upwelling forms; if it 
is approximately 0.5, thermals (broad upwellings or 
domes) are produced. In either case the entrainment of 
the dense chemical boundary layer is thought to stabi-
lize the location of the plume or thermal upwelling 
(Jellinek & Manga, 2004). However, as a result of 
the greater stability ratio, plumes will tend to be very 
long-lived.

If this general picture of convection in the mantle is 
correct the roles of subduction zones and a chemical 
boundary layer at the base of the mantle are crucial in 
determining the pattern and nature of the convection. 
Indeed it could be argued that the location of subduc-
tion zones is most fundamental in that they not only 
determine downwellings occur but also where the 
boundary layer at the core–mantle boundary is hottest, 
and hence where upwellings occur. However, subduc-
tion zones are transient features within the context of 

geologic time. Within the supercontinent cycle (Section 
11.5) there are times when subduction zones are initi-
ated, as a result of continental break-up, and terminated 
by continent–continent collision. Such events could 
initiate changes in the gross pattern of convection in the 
mantle and even change the distribution of mass within 
the Earth causing a change in the location of the rota-
tional axis, that is, the axis about which the moment of 
inertia is a maximum. This would be particularly true 
if the initial development of subduction zones includes 
a build-up of subducted material in the transition zone 
that ultimately avalanches down into the lower mantle. 
Such True Polar Wander (Section 5.6) is thought to have 
occurred between 130 and 50 Ma ago (Besse & Cour-
tillot, 2002), a time period bracketed by the break-up of 
Pangea, with the initiation of subduction zones, and the 
collision of India with Eurasia and a major change in 
the rate of subduction in this zone. The change in direc-
tion of the Hawaiian–Emperor seamount chain, and the 
change in the relative motion between the Pacifi c and 
Indo-Atlantic hotspot reference frames (Section 5.5) 
also occurs at the time of the Indian collision, 40–50 Ma 
ago. Thus, these too might refl ect the consequent 
changes in the thermal regime and pattern of convec-
tion in the mantle, and, hence, the relative positions of 
the two major convection cells within the African and 
Pacifi c hemispheres.
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Figure 12.13 Cartoon of the D″ layer where it is 
hotter than its average temperature. These regions 
include an ultra-low-velocity zone (ULVZ), thought 
to be characterized by partial melt and chemical 
heterogeneity, chemical and melt scatterers throughout 
and, possibly, the points of origin of plumes (redrawn, 
with permission, from Garnero, 2000. Annual Review of 
Earth and Planetary Sciences, 28. Copyright © 2000, 
Annual Reviews).
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12.10 PLUMES

Certain volcanic hotspots at the Earth’s surface appear 
to be essentially fi xed with respect to the Earth’s deep 
interior and to provide an absolute reference frame 
for plate motions for the past 40 Ma (Section 5.5). The 
fi xed nature of hotspots such as Hawaii, fi rst suggested 
by Wilson (1963), led Morgan (1971) to propose that 
they are located over plumes of mantle material upwell-
ing from the lower mantle or even the core–mantle 
boundary. The plume hypothesis has been, and con-
tinues to be, controversial because it has proven dif-
fi cult to provide unequivocal evidence of such plumes 
(Foulger & Natland, 2003). There is now, however, a 
growing body of evidence, from both modeling and 
observational data, that some hotspots at the Earth’s 
surface may be fed by narrow plumes of high tem-
perature, low viscosity material rising from essentially 
fi xed points on the core–mantle boundary. There is 
also theoretical and empirical evidence that the source 
material for other hotspots may be derived from much 
shallower depths, within the mantle transition zone 
or the uppermost part of the lower mantle, or even 
from immediately beneath the lithosphere; the latter 
being a passive response to various forms of litho-
spheric break-up (Anderson, 2000). The suggestion that 
there are three types of hotspot, in terms of their 
depth of origin, has been deduced by Courtillot et al. 
(2003), mostly by a consideration of the roles of the 
three potential thermal boundary layers in the mantle. 
However, there is substantial support for this from the 
results of seismic tomography (Montelli et al., 2004a, 
2004b). Hotspots that are underlain by low seismic 
velocities in the upper mantle only appear to be limited 
in number. Examples in Fig. 5.7 are Bowie, Cobb, 
Galapagos, East Australia and, surprisingly perhaps, 
Iceland, although it is underlain by a very large upper 
mantle anomaly (Montelli et al., 2004b). Iceland is 
anomalous also in terms of geochemical indicators 
of deep mantle origin, notably the ratios of 3He/4He 
and 186Os/187Os in the lavas (Foulger & Pearson, 2001; 
Brandon, 2002). Montelli et al. (2004b) describe the 
tomographic anomaly beneath Yellowstone as being 
virtually nonexistent.

Laboratory experiments indicate that the peaks that 
develop on the ULVZ in the D″ layer, where it is suf-
fi ciently dense, form where ridges between embay-
ments in the surface of the ULVZ meet at an elevated 

point or arête (Jellinek & Manga, 2004). As a result 
the upwelling of the thermal boundary layer that pro-
duces these peaks is focused into a narrow, cylindrical 
conduit. The temperature difference between this 
plume and the surrounding mantle is probably 200–
300°C, implying more than two orders of magnitude 
reduction in the viscosity across the boundary layer 
between them. If partial melt is present in the upwell-
ing thermal boundary layer this would also lower the 
viscosity. Partial melt entrained from the ULVZ may 
be required to explain the osmium isotopic ratios in 
certain hotspot lavas that are thought to indicate that 
the source of the osmium is the outer core (Brandon 
et al., 1998).

Numerical and analogue models of these hot, low 
viscosity plumes, originating in the deep mantle, 
suggest that plume shape and mobility are controlled 
by the magnitude of the viscosity contrast with the 
surrounding mantle (Kellogg & King, 1997; Lowman 
et al., 2004; Lin & van Keken, 2006). As the contrast 
increases, the plume conduit becomes narrower and 
its head becomes broad and mushroom-shaped as hot 
material is able to move upward more effi ciently (Fig. 
12.14). This model, with a mushroom-shaped plume 
head and a long, thin tail extending to the depth of 
origin, has achieved widespread application. Neverthe-
less, numerical models also predict a great variety of 
plume shapes and sizes in cases where density contrasts 
due to chemical variations in the lowermost mantle 
are incorporated into models of plume formation 
(Section 12.9) (Farnetani & Samuel, 2005; Lin & van 
Keken, 2006).

In general, the model of a narrow, mushroom-
shaped plume fi ts well with the initial expression of 
some hotspots in terms of continental fl ood basalts 
or oceanic plateaux, refl ecting the arrival of the plume 
head beneath a thinned lithosphere, and the subsequent 
trace of the hotspot, in the form of a volcanic ridge or 
line of volcanoes, produced by the tail. Courtillot et al. 
(2003) suggest that these hotspots be termed primary 
hotspots (Section 5.5). They also suggested that the 
lifespan of primary hotspots might be approximately 
140 Ma. Those initiated within the past 100 Ma, such as 
Afar and Reunion, are still active; those that are 100 to 
140 Ma old, that is Louisville and Tristan, might be 
failing, and those that formed more than 140 Ma ago, 
such as Karoo and Siberia, have no active trace. Theo-
retical arguments predict that such large plume heads 
and long-lived tails must originate in a thermal bound-
ary layer at great depth, presumably layer D″ at the 
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core–mantle boundary. It has been estimated that a 
major plume may be fed for 100 Ma from a volume of 
layer D″ only tens of kilometers thick and 500–1000 km 
in diameter.

If major upwellings, such as those beneath south-
ern Africa and the south Pacifi c, reach the base of 
the transition zone they may well form a thermal 
boundary layer at this depth from which secondary 
plumes may originate (Brunet & Yuen, 2000; Courtillot 
et al., 2003). These would be relatively short-lived and 
without initial fl ood basalts but may well account for 
the hotspots on the south Pacifi c superswell such as 
the Society and Cook-Austral islands, Samoa, Pitcairn, 
and Caroline (Fig. 5.7) (Adam & Bonneville, 2005). 
By contrast, there are no plumes within the southern 

African superswell although, as in the Pacifi c, there 
are several potential deep mantle, or primary, plumes 
around it (Figs 5.7, 12.11c). This contrast is also 
refl ected in the marked difference in the seismic veloc-
ity anomalies in the upper mantle beneath the two 
areas (Plate 12.2b,d between pp. 244 and 245). The 
differing characteristics of the African and Pacifi c super-
swells may arise from the fact that the south Pacifi c 
upwelling is the remnant of the Cretaceous superplume 
in this area (Section 5.7). The uplift of southern Africa 
was also initiated in the mid-Cretaceous, suggesting 
that major mantle upwellings or superplumes may 
have a life cycle analogous to, and perhaps related 
to, the life cycle of the assembly and break-up of 
supercontinents.
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Figure 12.14 Sequences from numerical models, scaled approximately to the mantle, in which a plume grows from a 
thermal boundary layer. In (a) the viscosity is a function of temperature, and in (b) the viscosity also increases by a 
factor of 20 at 700 km depth. In (b) the plume slows and thickens through the 700 km discontinuity but then narrows 
and speeds up in the low viscosity upper layer (from Davies, 1999. Copyright © Cambridge University Press, reproduced 
with permission).
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12.11 THE 
MECHANISM OF THE 
SUPERCONTINENT 
CYCLE

The assembly and dispersal of the supercontinents 
refl ect interactions between continental lithosphere and 
processes operating in the mantle. The fi rst type of 
interaction involves the broad upwellings and down-
wellings that defi ne mantle convection cells (Section 
12.9). The second is related to the possible impingement 
of deep mantle plumes (Section 12.10) on the base of 
continental lithosphere.

Numerical simulations have provided an important 
means of investigating the possible relationships 
between mantle convection patterns and plate motions. 
Gurnis (1988) suggested that, during periods of disper-
sal, the continents tend to aggregate over cold down-
wellings in the mantle, where they act as an insulating 
blanket. The mantle consequently heats up, altering the 
convection pattern, and the supercontinent rifts apart 
in response to the resulting tension. The continental 
fragments then move toward the new cold down-
wellings resulting from the changed convective regime. 
Gurnis emphasized the fact that the continents, except 
Africa, are currently moving to cold regions of the 
mantle, which are characterized by few hotspots and 
high seismic velocities. It appears that about 200 Ma 
ago, Pangea was positioned over what is today the 
upwelling beneath southern Africa. Since Africa has 
moved only slowly with respect to the hotspot reference 
frame, it seems that Pangea may have been situated over 
this upwelling prior to break-up, in accord with the 
model. It would thus appear that a positive feedback 
exists between patterns of mantle convection and the 
formation of the supercontinents.

The results of experiments also suggest that several 
mechanisms produce convection patterns that promote 
the growth and dispersal of supercontinents. The insu-
lating properties of large masses of continental litho-
sphere create mantle upwelling beneath their interiors 
(Gurnis, 1988; Zhong & Gurnis, 1993; Guillou & 
Jaupart, 1995). Large plates also prevent the mantle 
beneath them from being cooled by subduction, which 

further promotes upwelling (Lowman & Jarvis, 1999). 
Sites of downwelling may be controlled by the intrinsic 
buoyancy of continental lithosphere, which tends 
to concentrate subduction zones along continental 
margins. This effect was illustrated by Lowman & Jarvis 
(1996, 1999) who showed that the collision of two con-
tinents at a site of downwelling can trigger a reorganiza-
tion of the convection pattern, leading to downwelling 
at the margins and upwelling beneath their interiors 
(Fig. 12.15). These authors also showed that slab-pull 
and trench suction forces (Section 12.6) probably were 
as important as mantle upwelling in the break-up of the 
supercontinents.

Another important process that affects the relation-
ship between patterns of mantle convection and plate 
motions is internal heating (Section 12.5.1). Lowman et 
al. (2001, 2003) showed that, in internally heated models, 
plate motion is characterized by episodic reversals 
in direction as mantle circulation patterns change 
from clockwise to counterclockwise and vice versa. 
These reversals are caused by the trapping and build-up 
of heat and buoyancy forces in the interior of convec-
tion cells, which destabilizes the convection pattern. 
The results of modeling suggest that the downwelling 
of cold material at one edge of a plate can entrain hot 
material that is trapped below the plate and drag it into 
the lower mantle. The hot, buoyant material then 
begins to ascend as the drag of the cold downwelling 
wanes. The ascent of hot material pushes the plate 
laterally and induces new cold downwelling on the 
other side of the plate, beginning a new cycle of upwell-
ing and plate motion in the opposite direction. This 
type of feedback relationship between plate motion and 
internally heated mantle convection may explain why 
some plates suddenly change direction on timescales of 
some 300 Myr.

Many geologic investigations (e.g. Hill, 1991; Storey, 
1995; Dalziel et al., 2000a) have demonstrated time–
space relationships among LIPs, hotspots, and super-
continental fragmentation. Nevertheless, the role of 
hot spots or upwelling deep mantle plumes during con-
tinental break-up is uncertain. Thermal buoyancy forces 
due to mantle upwellings and tractions at the base of 
the lithosphere caused by convecting asthenosphere 
may contribute to a horizontal deviatoric tension that 
is suffi cient to break continental lithosphere (Section 
7.5). Lowman & Jarvis (1999) showed that tensile 
stresses in the interior of supercontinents depend on the 
size of the plate, the Rayleigh number of mantle 
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Figure 12.15 Temperature fi elds in a numerical model of whole mantle convection that incorporates two continents 
5800 km wide (modifi ed from Lowman & Jarvis, 1999, by permission of the American Geophysical Union. Copyright 
© 1999 American Geophysical Union). Dark and light shading represent cool and warm temperatures, respectively; 
markings at the top indicate the locations of the continental margins. The continents collide at the model symmetry 
plane between panels (a) and (b), forming a supercontinent of width 11,600 km. As subduction (dark downwellings) 
between the two continents ceases, new subduction zones form along the continent margins. Eventually a central 
upwelling of warm material forms beneath the supercontinent. The supercontinent rifts between panels (k) and (l) 
some 600 Myr after its formation.
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convection (Section 12.5.2), the viscosity profi le of the 
mantle, and the amount of radioactive heat present. In 
addition, their models suggest that, given an internally 
heated mantle, stresses generated at subduction zones 
also may be suffi ciently large to cause rifting in a station-
ary supercontinent.

Some geologic data suggest that plume-related 
magmatism coincided with the assembly, rather than 
the break-up, of the supercontinents. Hanson et al. 
(2004) showed that large-scale magmatic events 
occurred within continental interiors during the Pro-
terozoic assembly of Rodinia (Section 11.5.3). These 
authors also concluded that the impingement of mantle 
upwellings on the base of continental lithosphere prob-

ably occurred independently of the supercontinent 
cycle. Isley & Abbott (2002) used a series of plume 
proxies, including massive dike swarms, high-Mg extru-
sive rocks (e.g. Section 11.3.2), fl ood basalts, and layered 
intrusions, to identify mantle plume events through 
time. At least two global scale events coincided with 
continental assembly in Late Archean and Proterozoic 
times. From these relationships, it seems that there 
may be two types of mantle plume events, those asso-
ciated with supercontinental break-up and those asso-
ciated with their formation (Condie, 2000). These 
studies highlight the intriguing but uncertain relation-
ships between mantle plumes and the supercontinent 
cycle.



13 Implications of 
plate tectonics
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13.1 ENVIRONMENTAL 
CHANGE

13.1.1 Changes in sea level and 
seawater chemistry
The sedimentary record in continental areas is charac-
terized by marine transgressions and regressions due to 
changes in sea level throughout geologic time. One of 
the highest sea level stands occurred in late Cretaceous 
time when, for example, the very pure marine lime-
stone, Chalk, was deposited throughout much of north-
west Europe.

Major changes in sea level, of 100 m or more, are 
diffi cult to explain, except during ice ages, when large 
volumes of fresh water are locked up in land-bound ice 
sheets. However, for much of geologic time, there were 
no major glaciations, and yet there were major changes 
in sea level. The concepts of sea fl oor spreading, hot 
spots, and plumes provide plausible mechanisms to 
resolve this problem. The water depth above oceanic 
crust formed solely by sea fl oor spreading is related to 
the age of the crust (Section 6.4), younger crust occur-
ring at shallower depths. Such crust has an essentially 
uniform thickness of 6–7 km (Section 2.4.4). However, 
if this crust is thickened, as a result of enhanced igneous 
activity above a hot spot or plume, the water depth will 
be shallower than that predicted by the age/depth rela-
tionship. Exceptionally, as in the case of Iceland and the 
Azores, the volcanic edifi ce rises above sea level. Thus, 
enhanced rates of sea fl oor spreading, hot spot or plume 
activity can produce elevated ocean fl oor that will dis-
place the water upwards and cause a rise in sea level. 
During the Cretaceous period, for example, the high sea 
level stand might well be due to exceptionally high rates 
of sea fl oor spreading and plume activity, as discussed 
in Section 5.7.

Changes in the net rate of formation of oceanic 
crust, as a result of changes in spreading rates and/or 
the total length of actively spreading ridges, are a very 
effective way of changing the proportion of young, 
elevated ocean fl oor, and hence producing, in the long 
term, changes in sea level. Variations in net accretion 
rate also imply changes in the amount of igneous and 
hydrothermal activity at spreading centers that will have 
implications for the chemistry of seawater. Interactions 

between the circulating seawater and the hot basaltic 
rock at ridge crests are thought to remove magnesium 
and sodium from the seawater and to release calcium 
ions from the rock. It is also possible that the sulfate ion 
is removed from the water when it encounters the oxic 
conditions at or near the sea fl oor. These changes would 
predict that the Mg/Ca, SO4/Cl, and Na/K ratios in 
seawater decrease during periods of high rates of for-
mation of oceanic crust and hydrothermal activity.

Stanley & Hardie (1999) suggest that such changes 
in seawater chemistry are refl ected in the mineralogy 
of marine evaporites and carbonate sediments through-
out the Phanerozoic. They assume that a fi rst order sea 
level curve may be used as a proxy for the rate of pro-
duction of oceanic crust, and hence the variation in 
hydrothermal brine fl ux, throughout the past 550 Ma 
(Fig. 13.1). From this the temporal variation in the 
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Mg/Ca ratio for seawater is calculated (Hardie, 1996). 
During the resulting periods of low Mg/Ca ratio, asso-
ciated with high sea level stands, nonskeletal carbonates 
are composed of (low magnesium) calcite, and marine 
evaporites are characterized by late forming KCl 
(sylvite), and an absence of Mg salts. By contrast, the 
periods of high Mg/Ca ratio are characterized by non-
skeletal carbonate deposits composed of high magne-
sium calcite and aragonite (a polymorph of calcite), and 
marine evaporites in which MgSO4 formed during the 
fi nal stages of evaporation. The former periods have 
been termed periods of “calcite seas,” and are thought 
to be associated with high pCO2 and high surface tem-
peratures; i.e. a “Greenhouse Earth” such as that which 
probably characterized the Cretaceous. The periods of 
high Mg/Ca ratio have been designated as periods of 
“aragonite seas.” These appear to correlate with times 
of low pCO2, and low surface temperatures, and include 
ice ages, i.e. an “Icehouse Earth”.

Variations in pCO2 in the atmosphere in the geologic 
past are thought to have been largely due to the outgas-
sing of CO2 from volcanic activity. Thus eustatic changes 
in sea level, changes in seawater chemistry, and varia-
tions in the concentration of CO2 in the Earth’s atmo-
sphere in the past might all be related to variations in 
the rates of sea fl oor spreading and plume activity.

13.1.2 Changes in oceanic 
circulation and the 
Earth’s climate

Two of the most signifi cant infl uences on the Earth’s 
climate are the concentration of greenhouse gases in 
the atmosphere (Sections 5.7, 13.1.1), and the extent, 
distribution, and bottom topography of the oceans. 
The confi guration of the ocean basins affects the trans-
port of heat in the oceans, by surface currents and 
deep-water circulation, thereby affecting the tempera-
ture and moisture content of the atmosphere over 
oceanic areas. Surface currents are essentially wind 
driven, and, therefore, largely determined by the circu-
lation of the atmosphere. The rotation of the Earth, 
and the concentration of incoming solar radiation 
within the tropics, produces surface easterly (trade) 
winds at low latitudes, westerlies at intermediate 
latitudes, and easterlies at high latitudes (greater 
than 60°).

If the Earth’s surface was entirely covered by an 
ocean, the resulting westerly directed, equatorial ocean 
current, and the intermediate latitude easterly directed, 
circumpolar currents, would bracket irregular “gyres,” 
circulating clockwise in the northern hemisphere, and 
anticlockwise in the southern hemisphere. In this situ-
ation the world-encircling equatorial and circumpolar 
currents would tend to inhibit the transfer of heat by 
surface currents from low to high latitudes, and the 
temperature gradient between the equator and the 
poles would be accentuated. As a consequence, sea ice 
might form in the polar oceans. However, land masses 
with north–south trending shorelines in low and inter-
mediate latitudes, will defl ect the equatorial and cir-
cumpolar currents, to the right in the northern 
hemisphere, and to the left in the southern hemisphere, 
thereby intensifying the gyres, and transferring heat 
from the tropics to higher latitudes by means of western 
boundary currents. In this scenario the temperature 
gradient is reduced. A classic example at the present day 
is the Gulf Stream of the western North Atlantic, which 
warms the air above the ocean in the extreme North 
Atlantic, thereby ameliorating the climate of Iceland 
and northwest Europe. The opening or closing of gate-
ways for the equatorial or circumpolar currents, as a 
result of continental drift, can, therefore, have 
pronounced effects on the Earth’s climate (Smith & 
Pickering, 2003).

During the past 200 Ma the supercontinent of Pangea 
has progressively rifted apart. The resulting fragments 
have drifted across the face of the globe, such that a 
continuous tropical seaway, the neo-Tethys, was formed, 
and subsequently closed, and a southern ocean gradu-
ally opened up around Antarctica (Figs 13.2–13.7). By 
the mid-Cenozoic, a complete southern circumpolar 
current came into existence, which isolated and insu-
lated Antarctica, and was probably instrumental in trig-
gering the fi rst major build-up of the Antarctic ice cap 
(Kennett, 1977).

At the beginning of the Mesozoic Era, 250 Ma ago, 
the supercontinent of Pangea extended from pole to 
pole (Fig. 13.2), without extensive polar landmasses in 
either hemisphere. Strong western boundary currents 
off the eastern shores of Pangea would have trans-
ported warm water to high latitudes, preventing the 
formation of ice-sheets and warming the east-facing 
coasts relative to the west. The interior of the supercon-
tinent would have had strong seasonal extremes. By 
160 Ma (Fig. 13.3) a low latitude east–west seaway had 
started to open up, between what is now North America 
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Fig. 13.2 Possible circulation pattern of surface ocean currents during the early Triassic (245 Ma). Figs 13.2–13.7. 
Continental reconstructions, and present and paleo-shorelines, are from Smith et al., 1994 (Copyright © Cambridge 
University Press, reproduced with permission). Land areas shaded. Any indication of a surface equatorial counter 
current has been omitted, because of the uncertainties surrounding its existence and location in the geologic past. The 
currents shown in Figs 13.3, 13.5, 13.6, and 13.7 are based in part on Haq, 1989.

Fig. 13.3 As for Fig. 13.2, for the Late Jurassic (160 Ma).

Fig. 13.4 As for Fig. 13.2, for the Early Cretaceous (130 Ma).
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Fig. 13.5 As for Fig.13.2, for the mid-Cretaceous (95 Ma).

Fig. 13.6 As for Fig. 13.2, for the mid-Paleocene (60 Ma).

Fig. 13.7 As for Fig. 13.2, for the mid-Oligocene (30 Ma).
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and northwest Africa, as a consequence of the fi rst 
phase of rifting of the supercontinent. This was initi-
ated about 180 Ma ago. Thus the “Tethyan embayment” 
in Pangea (Fig. 13.2) was extended to the west to facili-
tate a circum-global equatorial current. This meant that 
some tropical waters were heated to a higher tempera-
ture before turning northwards and southwards to 
warm higher latitudes. In this way the whole Earth 
became warmer and the temperature gradient from the 
equator to the poles was further reduced.

The separation of Antarctica from Africa, which 
started about 165 Ma ago, was the fi rst stage in the 
break-up of Gondwana (Fig. 13.4). This was followed 
at about 125 Ma by the rifting apart of South America 
and Africa, which started in the south and propagated 
northwards. This, coupled with the complex fracture 
zone pattern in the equatorial Atlantic region, due to 
transform faulting, meant that the gateway between 
the North and South Atlantic did not open up until 
about 95 Ma (Fig. 13.5) (Poulsen et al., 2001). The 
initial changes in the deep-water circulation, resulting 
from the opening of this gateway, may explain the 
“anoxic event” that produced the widespread black 
shales in adjacent areas at that time (Poulsen et al., 
2001). By 95 Ma India had separated from Antarctica 
and a major Southern Ocean was opening up south 
of Africa and India. However, in the late Cretaceous, 
and even in the early Cenozoic (Fig. 13.6), the circum-
equatorial current still existed, and the surface water 
in the high latitude oceans was still very much warmer 
than it is today.

Throughout the Cenozoic, Africa, India, and Austra-
lia continued to drift northwards, away from Antarctica, 
thereby enlarging the southern and Indian Oceans, and 
ultimately forming the Alps and the Himalayas as a 
result of the collision of Africa and India with Eurasia 
(Section 10.4.1). By 30 Ma (Fig. 13.7), the Tethyan 
seaway was effectively closed, and the Southern Ocean 
completely encircled Antarctica, as a result of the 
opening of gateways south of Tasmania, and in the 
Drake Passage, south of South America. These results 
of continental drift, gave rise to major changes in the 
near surface oceanic circulation. There was no longer a 
complete circum-equatorial current, and a pronounced 
circum-polar current was established in the Southern 
Ocean. Thus the equatorial water became less warm, 
and Antarctica was insulated from the warmer water 
circulating in the major southern hemisphere gyres of 
the Pacifi c, Atlantic, and Indian Oceans. A change in 
oxygen isotope ratios in the tests of planktonic and 

benthic microfossils (Shackleton & Kennett, 1975), and 
the fi rst major build-up of ice on Antarctica, coincided 
with these developments, and appear to mark a transi-
tion from a Greenhouse to an Icehouse Earth. The 
change in oxygen isotope values is particularly pro-
nounced and well documented, and is essentially coin-
cident with the Eocene–Oligocene boundary (Fig. 13.8). 
This is also the time of the opening of the gateway 
south of Tasmania (Exon et al., 2002). The full opening 
of the Drake Passage is less well constrained, but was 
probably shortly after this (Livermore et al., 2004). 
Oxygen isotope ratios and a drop in sea level of 40 m 
suggest that during the early Oligocene the volume of 
ice in Antarctica built up to perhaps as much as one-half 
of its present volume. This and subsequent increases in 
ice volume, and changes in sea level, gave rise to an 
emergence of land areas, and a major reduction in the 
area of shallow seas on continental crust (cf. Figs 13.6, 
13.7).

Following a period of warming and deglaciation in 
the late Oligocene (Fig. 13.8), additional major increases 
in the volume of ice on Antarctica, and associated drops 
in sea level, are thought to have occurred in the mid-
Miocene and at the end of the Miocene. The drop in 
sea level associated with the increase in ice volume at 
6 Ma may explain the isolation, and subsequent desicca-
tion, of the Mediterranean Sea, as a result of the expo-
sure of the sill at the Strait of Gibraltar (Van Couvering 
et al., 1976), and would have restricted the fl ow of water 
through the ocean gateway between North and South 
America. However, additional tectonic movements 
were required before a complete land bridge formed, 
about 3 Ma ago; as determined from the interchange of 
mammals between North and South America (Mar-
shall, 1988). The gradual formation of the Isthmus of 
Panama would have led to the intensifi cation of the 
Gulf Stream, and ultimately, perhaps, to the formation 
of the northern hemisphere ice-sheets (Haug & 
Tiederman, 1998).

The warm waters of the Gulf Stream would have 
given rise to more warm and moist air, and hence more 
precipitation, in relatively high latitudes in the North 
Atlantic area. The geographic distribution of ice sheets 
is determined not only by cold ambient temperatures, 
but also by the availability of precipitation. The Plio-
Pleistocene ice-sheets of the northern hemisphere were 
restricted to Greenland, northern North America, and 
northwest Europe for this reason. Similarly, the occur-
rence of tropical rain forests is determined not only 
by high temperatures, but also by the delivery of 
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precipitation by warm equatorial currents. The tropical 
coal forests of the Carboniferous, for example, formed 
at the western end of the equatorial Tethyan embay-
ment in the embryonic supercontinent of Pangea (Fig. 
3.9). At the present day the most extensive areas of 
tropical rain forest are in the Amazon basin and the 
archipelago of southeast Asia, areas warmed by the 
main westward directed equatorial currents of today’s 
oceans. The progressive cooling of the Earth’s climate 
during the last 50 Ma, particularly in higher latitudes, 
led to a general reduction in the amount of precipita-
tion, and an increase in aridity. Thus formerly forested 
areas in high latitudes were turned to tundra, and in 
temperate latitudes to grassland. As a consequence of 
the major cooling about 6 Ma, even some low latitude, 
tropical forests were converted to savannah. This is 
thought to have had a profound effect on mammalian, 
and, ultimately, human evolution.

During “Greenhouse Earth” conditions the oceans 
are warm throughout, with very little deep-water circu-
lation. As a consequence the bottom waters become 
deoxygenated and there is the potential for the preserva-
tion of organic material and hence the formation of 
black shale deposits (Sections 3.4, 5.7). In as much as 
there is vertical mixing, it is probably triggered by 
regional changes in the salinity, and hence the density, 
of seawater in the tropics. Weak circulation, and the 
preservation of organic matter, meant that there was 
much less upwelling of nutrients compared to the 
present oceans. Thus, the overall fertility of the Creta-
ceous oceans was low, but the potential for the ultimate 
formation of oil, from Cretaceous marine source rocks, 
was high. In “Icehouse Earth” conditions cold, dense 
water forms in polar regions, sinks, and fl ows towards 
the equator, thereby creating a relatively vigorous, and 
certainly very signifi cant, deep water circulation. The 
cooling that marked the transition from a Greenhouse 
to an Icehouse Earth, at about the Eocene–Oligocene 
boundary, probably enabled sea ice to form around 
the margin of Antarctica for the fi rst time. During 
the formation of the sea ice much of the salt content 
of the seawater is expelled, increasing the density of the 
seawater beneath the ice. This cold, dense water would 
then sink to the ocean fl oor, and fl ow northwards, as it 
does at the present day.

One of the enigmas of the late Cenozoic cooling of 
the Earth is the relatively sudden build-up of ice in 
Antarctica in the Mid-Miocene (Fig. 13.8). One interest-
ing and remarkable possibility is that it was caused by a 
change in the topography of the sea fl oor in the extreme 
North Atlantic, as a consequence of tectonic processes 
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Fig. 13.8 Global deep sea oxygen isotope record 
compiled from measurements on benthic fauna from 
numerous Deep Sea Drilling Project and Ocean Drilling 
Project cores. Fitted curve is a smoothed fi ve point 
running mean. The temperature scale relates to an ice-
free ocean and only applies therefore to the time prior to 
the onset of large scale glaciation in Antarctica (approx. 
35 Ma). Much of the subsequent variability in the d18O 
records refl ects changes in Antarctic and Northern 
Hemisphere ice volume. When seawater evaporates, 
molecules containing the lighter isotope 16O evaporate 
more readily. Thus when atmospheric water vapor 
precipitates as snow in polar regions, 18O depleted water 
becomes sequestered in the polar ice caps and the 
proportion of 18O in seawater increases (part of fi gure 2 
in Zachos et al., 2001, reproduced from Science 292, 
686–93, with permission from the AAAS).
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(Schnitker, 1980). It is likely that the Greenland–Iceland–
Faroes Ridge had subsided suffi ciently at this time for 
cold water from the Arctic to spill over this sill and sink 
towards the ocean fl oor. Although cold and saline, it is 
not as dense as the Antarctic bottom water moving 
northwards. As a consequence, the Arctic water travels 
south at an intermediate depth, and is ultimately 
defl ected towards the surface off Antarctica. Here it is 
“warm,” relative to the surrounding seawater, and 
creates more moisture laden air, and hence enhanced 
precipitation over Antarctica. This model again empha-
sizes the importance of precipitation, in addition to 
sub-zero temperatures, in facilitating the build-up of an 
ice sheet.

13.1.3 Land areas and climate

The extent, distribution, and topography of land areas 
also affect the Earth’s climate. Land heats up and cools 
down more rapidly than the sea. The daily cycle of sea 
and land breezes in coastal areas is a well-known conse-
quence of this. A similar phenomenon on a longer, sea-
sonal timescale, and affecting a larger geographic area, 
is the monsoonal climate of India and the Arabian Sea. 
In the northern summer the large landmass of southern 
Asia heats up, and the air rising above this creates a low 
pressure area and draws in moisture laden air from the 
northwest Indian Ocean – the southwest monsoon. In 
the winter, cold, dense air over the cold land area creates 
high pressure, and gives rise to the dry, northeast 
monsoon, which blows from land to sea. Seasonal 
heating and cooling of the air over the Sahara produces 
a similar, but smaller scale, effect over central Africa and 
the equatorial Atlantic in the Gulf of Guinea, where a 
similar monsoon regime pertains. These two monsoonal 
areas account for the tropical rain forests of central 
Africa, and Burma, Sri Lanka, and parts of India.

The albedo of land areas is variable depending on 
the type, or lack, of vegetative cover, but it is typi-
cally higher than that of sea areas, which have a low 
albedo. The distribution of land and sea, and its affect 
on the Earth’s albedo in the past, might be expected 
to have produced an appreciable effect on climate, 
but as yet this is poorly understood. Ice or snow 
covered land or sea has a high albedo, and clearly is 
signifi cant, not least in that it provides a positive feed-
back mechanism: the greater the extent of the ice 
and/or snow, the greater the degree of cooling. Moun-
tains, even in low latitudes, can be covered with per-
manent or seasonal snow, thereby increasing the Earth’s 

albedo. However, the formation of mountain belts 
may affect the climate in a more substantial way, by 
changing the rate of weathering at the Earth’s surface, 
which in turn affects the amount of carbon dioxide 
in the atmosphere.

The weathering of carbonates exposed on land, by 
a weak carbonic acid solution, formed by the dissocia-
tion of carbon dioxide from the atmosphere, or soil, in 
rainwater, produces calcium and bicarbonate ions that 
are then transported to the ocean by rivers. In the 
oceans the weathering reaction is reversed: calcium car-
bonate is secreted by organisms, to produce their tests, 
which, if preserved after the death of the organism, 
form carbonates on the sea fl oor.

 CaCO3 + CO2 + H2O ↔ Ca2+ + 2HCO3
− (eq. 1)

The carbon dioxide so released ultimately returns to 
the atmosphere. Thus the carbon fi xed in the carbon-
ates on land is redeposited on the sea fl oor, with no net 
change in the CO2 content of the atmosphere. The 
weathering of silicate rocks by carbonic acid, however, 
has important differences. A simplifi ed weathering reac-
tion may be expressed as:

 Silicate mineral + 2CO2 + water →
  2HCO3

− + clay mineral + cation(s) (eq. 2)

In the ocean the HCO3
− ions combine with Ca2+, as 

in the reverse of equation 1, to form calcium carbonate. 
In this case, two molecules of CO2 are removed from 
the atmosphere, for every one molecule returned to the 
atmosphere when CaCO3 is formed in the ocean. 
Increased weathering of silicate rocks could, therefore, 
draw down the CO2 content of the atmosphere, and be 
a possible cause of global cooling (Raymo & Ruddiman, 
1992).

As a result of the most recent phase of continental 
drift, the Cenozoic was characterized by a major 
episode of mountain building, notably throughout the 
Alpine–Himalayan belt, and culminating in the uplift 
of the Tibetan Plateau in the Late Cenozoic. The ele-
vation of mountains would have greatly increased 
physical and chemical weathering processes, particu-
larly as they concentrate rainfall on their windward 
fl anks. The elevation of the Tibetan Plateau, for 
example, is thought to have greatly intensifi ed the 
southwest monsoon, bringing much heavier rainfall, 
and causing much more intense weathering, on the 
southern slopes of the Himalaya. The elevation of 
Tibet and surrounding areas is particularly important 
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because, although this represents just 5% of the Earth’s 
land area, 23% of the global fl ux of dissolved material 
in rivers is derived from rivers with a source in the 
Tibetan/Himalayan region. There is some indication 
from the fauna and fl ora, and the sedimentary record 
of northern India, that there was a major intensifi cation 
of the southwest monsoon about 8 Ma ago (An et al., 
2001). The question remains, however, whether this 
correlates with the uplift of the Tibetan Plateau 
(Section 10.4.3). Current models for this uplift, which 
may involve the convective removal of thickened litho-
sphere beneath Tibet (Section 10.4.6), imply that the 
fi nal uplift phase may have been relatively sudden, in 
geologic terms. Attempts to obtain an independent 
estimate of the timing of this uplift, using paleobo-
tanical evidence or the dating of fault systems, have 
proved to be inconclusive, with some results confi rming 
the 8 Ma date, but others indicating a date of 14–15 Ma 
for the fi nal uplift of Tibet (Spicer et al., 2003). Spicer 
et al. suggest that a possible explanation for this is that 
the uplift occurred progressively from south to north 
over a period of 6–7 million years.

Greatly enhanced weathering of silicate rocks in the 
late Miocene, would have removed CO2 from the Earth’s 
atmosphere and might well account for the pronounced 
global cooling revealed by oxygen isotope studies at or 
near the Miocene–Pliocene boundary, i.e. at about 6 Ma 
ago (Fig. 13.8). As indicated above this may have pro-
duced effects that led, ultimately, to the initiation of the 
Ice Ages approximately 3 Ma ago.

Thus plate tectonic processes infl uence all the major 
factors that are currently thought to determine the 
Earth’s long-term changes in climate. The concentra-
tion of CO2 in the atmosphere, at any particular point 
in time, is thought to be determined largely by the 
amount of volcanism at that time. Thus the exception-
ally high levels of CO2 associated with the “Greenhouse 
Earth” of the Cretaceous period are related to super-
plume activity, and high rates of sea fl oor spreading and 
subduction, all three giving rise to enhanced volcanic 
activity. Conversely, systematic decreases in plume 
activity, and plate accretion and destruction, would 
cause global cooling. However, the periods of pro-
nounced global cooling during the past 50 Ma are not 
associated with decreases in volcanism (Fig. 5.13). It 
seems probable therefore that one needs to invoke the 
other potential impacts of plate tectonic processes on 
the Earth’s climate, notably changes in oceanic circula-
tion and the consequences of mountain building, and 
enhanced weathering, to explain the mid-Cenozoic 

transition to an “Icehouse Earth,” and eventually the 
triggering of the Ice Ages of the past 3 Ma.

13.2 ECONOMIC 
GEOLOGY

13.2.1 Introduction

The application of plate tectonic theory to the explora-
tion of economically viable mineral and hydrocarbon 
deposits is a common approach in the fi eld of economic 
geology. Plate tectonics has provided exploration geolo-
gists with a framework to which they can relate the 
specifi c environments and spatial relationships of 
economic deposits (Rona, 1977; Bierlein et al., 2002; 
Richards, 2003). Studies of this kind have increased 
as the search for small and covered deposits becomes 
progressively more important. This approach has led to 
a classifi cation of economic deposits according to plate 
tectonic processes. Many of the observations that 
support this classifi cation (listed below) are discussed by 
Mitchell & Garson (1976, 1981), Rona (1977), Tarling 
(1981), Hutchinson (1983), Sawkins (1984), and Evans 
(1987).

1 autochthonous deposits directly related to 
magmatism at plate margins and interiors;

2 allochthonous deposits related to plate margin 
magmatism;

3 deposits related to sedimentary basins formed 
by plate motions;

4 deposits related to climate and to changes in 
paleolatitude resulting from plate motions.

Whereas plate tectonic theory has been useful for 
understanding the origin and evolution of economi-
cally viable deposits, alternative approaches also have 
been employed, especially with regard to mineral 
deposits. One area of current research involves investi-
gating the potential links among the formation of ore 
deposits, the evolution of large igneous provinces (LIPs, 
Section 7.4.1), and the effects of deep mantle plumes 
(Ernst et al., 2005). The formation of LIPs and the rise 
of deep mantle plumes may involve tectonic and mag-
matic activities that operate independently of plate 
motions. In addition, the understanding of mineral 
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deposits in Archean cratons is complicated by the pos-
sibility of unique geologic or tectonic process operating 
in the early Earth (Section 11.1). These differences 
require models that incorporate the unique aspects of 
Archean geology and tectonics (Herrington et al., 
1997).

13.2.2 Autochthonous and 
allochthonous mineral deposits

The various plate tectonic environments in which many 
metalliferous deposits are found are shown in Fig. 13.9. 
The initial rifting of a continent includes the emplace-
ment of alkaline and peralkaline igneous rocks and the 
establishment of high geothermal gradients (Sections 
7.4.2, 7.2, respectively). Ore minerals are generated 
from this magmatism and from the large-scale circula-
tion of hydrothermal fl uids that are energized by it. 
One group of igneous rocks frequently associated with 
extensive mineralization includes carbonatites. These are 
unusual rocks composed of more than 50% carbonate 
minerals that form ring complexes within alkaline 
rocks. The important elements found in this environ-
ment are phosphorus (as apatite), niobium (pyrochlore), 
rare earths (monazite, bastnaesite), copper, uranium, 
thorium, and zircon. Also found are magnetite, fl uorite, 
barite, strontianite, and vermiculite. Carbonatites may 
also contribute to the sodium carbonate, chloride, and 
fl uoride found in vast quantities in the lakes of the East 
African Rift system, although it is possible that these 
derive from weathering of the alkaline rocks. Directly 
related to the magmatism are porphyry and vein-type 
molybdenum deposits associated with subalkaline gran-
ites, copper-nickel deposits associated with mafi c intru-
sions, and hydrothermal copper deposits. Within the 
sediments related to rifting, stratiform copper deposits 
of great volume are associated with specifi c shale 
or sandstone horizons. These disseminated ores are 
believed to form during the fi rst marine transgression 
into the continental interior and overlie red-bed hori-
zons, and are probably derived from the copper-rich rift 
basalts in response to the elevated heat fl ow of the rift. 
Carbonate hosted lead-zinc-barite ores are also found in 
the intracratonic rifts and rifted continental margins 
(Section 7.7), typifi ed by the deposits of the Upper Mis-
sissippi Valley of North America. Attempts also have 
been made to link a wide range of mineral deposits that 
are related to magmatism in continental rift environ-

ments to the effects of rising mantle plumes (Pirajno, 
2004).

With the development of a narrow ocean basin 
between the rifted continental fragments, new mineral 
deposits are created at the mid-ocean ridge. The present 
day example of this environment is the Red Sea. Here 
13 pools of hot brines (Fig. 13.10) have been located 
along the central ridge where it is intersected by trans-
form faults. These contain zinc-copper-lead sediments 
of possible economic value, for example the Atlantis II 
Deep, which contains sulfi de layers with zinc contents 
of up to 20% which are 20 m thick and cover an area of 
over 50 km2. It is generally agreed that the metals are of 
volcanic origin and have been concentrated into brines 
by the thermally induced circulation of seawater 
through the volcanic rocks and thick evaporite sequences 
found in this region (Cowan & Cann, 1988). As the 
ocean basin evolves, these deposits may become buried 
by sediment and reappear in collisional orogens where 
the tectonism obscures their original setting. Also asso-
ciated with this advanced phase of rifting are sediment-
hosted massive sulfi de deposits which occur in thick 
continentally derived clastic sediments on passive con-
tinental margins. They comprise single or multiple 
lenses of pyrite, galena, and sphalerite ores with minor 
silver and copper. These are not common and probably 
refl ect the infl uence of metal-rich-formation waters 
powered by long-lived geothermal systems.

As an ocean basin continues to grow, contemporane-
ous mineralization takes place at the mid-ocean ridge, 
and has been observed at certain locations along the 
Pacifi c (Corliss et al., 1979), Atlantic (Scott et al., 1973), 
and Indian Ocean ridges. The mineralization is of 
hydrothermal origin and its location depends upon the 
availability of oceanic crust of high permeability overly-
ing the magma chamber which allows fl uids to perco-
late with relative ease. Hydrothermal processes of low 
intensity lead to the formation of ferromanganese 
nodules, and encrustations of iron and manganese on 
pillow basalts at the layer 1–layer 2 interface. Higher 
intensity hydrothermal activity has been observed at 
some locations, such as on the East Pacifi c Rise where 
discharge is of two types. Black smokers are vents where 
pyrrhotite particles are discharged, producing ores 
which may be zinc- or iron-rich and containing lesser 
amounts of cobalt, lead, silver, and cadmium. At white 
smokers little sulfi de material is discharged, and the main 
precipitate is barite.

In open ocean conditions ferromanganese nodules 
and encrustations form on top of basalt or sediments 
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Fig. 13.9 (a–j) Schematic cross-sections through plate boundary-related tectonic settings of mineralization (redrawn 
from Mitchell & Garson, 1976).
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where strong ocean currents prevent the accumulation 
of clastic sediments. These deposits are of hydrous 
origin and accumulate slowly, sometimes forming 
extensive pavements. As well as iron and manganese, 
they also contain smaller amounts of copper, nickel, 
and cobalt.

In addition to the exhalative processes of mineraliza-
tion described above, ore bodies may form within the 
oceanic lithosphere as it is created. Much of our knowl-
edge of these deposits is derived from studies of ophio-
lites (Section 2.5), which are interpreted as allochthonous 

slices of oceanic or backarc basin lithosphere tectoni-
cally emplaced within continental crust during colli-
sional orogenesis. One of the most intensively studied 
bodies of this type is the Troodos complex of Cyprus 
(Fig. 13.11), and other examples include ophiolites of 
northwestern Newfoundland, the Semail Ophiolite of 
Oman, and Ergani Maden in Turkey. At high levels in 
the lithosphere, massive sulfi de deposits (marcasite, 
chalcopyrite and sphalerite) occur on top of or within 
the pillow lavas of layer 2. It has been suggested that 
these sulfi des formed either in a manner similar to the 

Fig. 13.10 Locations of hot brine pools and metalliferous sediments in the Red Sea (redrawn from Bignell et al., 1976, 
with permission from the Geological Association of Canada).



416 CHAPTER 13

brines of the Red Sea or by precipitation from hydro-
thermal solutions which became enriched in metals by 
circulating within the volcanic rocks. The deeper, plu-
tonic portions of ophiolites contain economic deposits 
of chromite, which occur as podiform bodies and 
tabular masses within the harzburgites and dunites of 
the upper lithospheric mantle. These deposits may have 
formed by partial melting of primitive mantle material 
or by crystal fractionation within the magma chamber 
underlying ocean ridges (Section 6.10). Similarly associ-
ated with the magma chamber are nickel and platinum 
sulfi des. The model for mineralization of the oceanic 
lithosphere derived from ophiolite studies is shown in 
Fig. 13.12 (Rona, 1984).

The formation of ore deposits composed of nickel, 
copper and platinum group elements also can be linked 
to the mafi c and ultramafi c magmatism that results in 
the formation of LIPs (Section 7.4.1). Examples of these 
types of deposit include the 250 Ma Noril’sk deposit in 
Siberia, which currently produces 70% of the world’s 
palladium, and the Proterozoic Bushveld intrusion 
(Section 11.4.1) of South Africa, which produces large 
quantities of platinum and chrome (Naldrett, 1999). 

Exploration models that integrate the characteristics of 
these deposits with the formation of LIPs rely on 
detailed information about the sources of the magma 
and the deep plumbing systems that transport it through 
the crust (Pirajno, 2004).

Several forms of mineralization are present in sub-
duction zone environments, their types depending 
upon whether the overriding lithosphere is continental 
or oceanic. Hedenquist & Lowenstern (1994) have 
reviewed the role of magmas in the formation of hydro-
thermal ores in such environments. The most impor-
tant mineralizations are the porphyry coppers. These 
are relatively rare, low grade deposits that are gold-rich 
and molybdenum-poor when associated with island 
arcs and gold-poor and molybdenum-rich in Andean-
type mountain ranges. They are found, for example, in 
the Andes themselves, as well as in the Philippines, 
Taiwan, Puerto Rico, and the Ryuku and Burman arcs. 
The broad uniformity of these deposits worldwide sug-
gests that the controls on their location are related to 
the primary subduction-related magmatism and do not 
require the presence of any specifi c crustal or magma 
type. Magma may be emplaced and porphyry coppers 

Fig. 13.11 Mineralization in the Troodos Ophiolite (redrawn from Searle & Panayiotou, 1980, with permission from the 
Ministry of Agriculture and Natural Resources, Cyprus).
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may form anywhere along the volcanic arc, but large 
deposits will most likely be formed where magma 
ascent is concentrated over a prolonged period of time. 
Richards (2003) reviews many of the large-scale mag-
matic and tectonic processes leading to the formation 
of porphyry deposits at convergent margins.

Another important class of deposits found associ-
ated with oceanic subduction zones (Fig. 13.13) is strat-
iform massive sulfi des of zinc, lead and copper known, 
after their type area of occurrence in Japan, as Kuroko-
type ores. These ores also are known as volcanic-hosted 
or volcanogenic massive sulfi de (VMS) deposits. They 
refl ect deposition in a shallow marine environment and 
occur interbedded with pyroclastics and silicic calc-alka-
line lavas. Many appear to occur during a late stage of 
volcanic arc evolution. Halbach et al. (1989) suggest that 
they formed in a backarc basin (Section 9.10), and cite 
the Okinawa Trough as a modern analogue. They may 
have been deposited by saline submarine hot springs 
arising from the separation of aqueous ore fl uids during 
the fi nal stages of magmatic fractionation or from the 
leaching of older volcanic rocks. Kuroko-type ores 
may be incorporated into continents during continent–
island arc collisions, such as at Río Tinto in Spain, 
Umm Samiuki in Egypt, and the Buchans mine in 
Newfoundland.

There also exist other forms of stratiform massive 
sulfi des that differ in their depositional environment 

from Cyprus- or Kuroko-type. They are associated with 
intermediate to basic volcanic rocks with carbonaceous 
mudstones, clastic limestones, or quartzites, all of 
which suggest a deep water environment unlike ocean 
ridges, ocean basins, or island arcs. They have been 
termed Besshi-type deposits. They may have formed in 
a trench or a tensional environment, but their origin 
remains, as yet, obscure.

There are several types of deposit that are specifi c to 
Andean-type subduction. These include stratabound 
copper sulfi de deposits, such as are found in Chile, 
which are closely related to episodic calcalkaline 
volcanism and occur within porphyritic andesite lavas. 
The principal minerals are chalcosite, bornite, and chal-
copyrite, and they contain signifi cant amounts of silver. 
The intercalation of these deposits with shallow marine 
and terrestrial deposits suggests their formation in small 
lagoons. Tin and tungsten mineralization occurs in the 
eastern Andes of Peru and Bolivia on the landward side 
of the porphyry copper belt. It appears to be derived 
from the same Benioff zone region as the magmas, and 
may owe its existence to the anomalously shallow dip 
of the subduction zone in this region (Section 10.2.2).

In the backarc environment of Andean-type subduc-
tion zones in the Pacifi c there are granite belts that 
contain deposits of tin and tungsten with lesser molyb-
denum, bismuth, and fl uorite. The origin of the tin, in 
particular, is controversial. Tin is present in only minute 
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quantities in the oceanic crust, and is similarly absent in 
island arcs. An oceanic origin of the tin appears unlikely. 
One hypothesis is that tin is derived from deep in a 
Benioff zone which is migrating away from a continent 
during backarc spreading. The fl uorine originating at 
these levels would extract tin from deep levels of still 
hot granite plutons and deposit it at the surface in their 
vicinity. Another hypothesis is that the generation of tin 
requires the presence of thick continental crust, such as 
is present in the tin belts of the Andes, Alaska and upper 
Myanmar, and a shallow dipping Benioff zone, which 
acts as a source of heat and volatiles. In this case the tin 
may originate from pre-existing concentrations in the 
lower continental crust.

Within ensialic backarc basins vein-type gold and 
silver deposits are common, such as are found in the 
Great Basin of Nevada. These are associated with 
andesites, dacites, and rhyolites, and pre-date the major 

episode of faulting. They probably originate in mag-
matically associated brines. In backarc basins that form 
above oceanic subduction zones the crust is similar to 
oceanic, although generated in a different fashion, and 
so mineral deposits would not be expected to differ 
greatly from those in oceanic crust. The mineralization 
in these settings may be similar to that formed during 
the early development of a spreading ridge, and thus 
may be related to magmatic and exhalative volcanic 
processes.

Zones of continental collision and terrane accretion 
(Sections 10.4, 10.6) also host a wide range of metallifer-
ous deposits. These belts may display allochthonous 
terranes containing mineral associations that formed 
during the early stages of crustal accretion, such as 
ophiolites, ferromanganese nodules, subduction-related 
deposits, and mineralization related to the early stages 
of rifting. Deposits that originate during the continental 
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collision also are present. Solomon (1990) noted that, in 
the southwestern Pacifi c rim, porphyry copper-gold 
deposits mostly form after a reversal of arc polarity fol-
lowing a collisional event. Sometimes associated with 
porphyry coppers are mercury deposits (as cinnabar or 
quicksilver), which may have originated in a similar 
manner. Granite bodies commonly are emplaced during 
and after a collisional event. Associated with these gran-
ites are tin-tungsten deposits of cassiterite and wolfram-
ite and, in some cases, vein-type deposits of uranium. 
This mineralization, like the granites, may be derived 
from the partial melting of the lower continental 
crust.

The Paleozoic Lachlan Orogen of southeast Austra-
lia illustrates the types of base and precious metals that 
form and are preserved in long-lived accretionary 
orogens (Section 10.6.3). Bierlein et al. (2002) describe 
orogenic gold deposits that evolved within developing 
accretionary wedges while major porphyry copper-gold 
deposits formed in an oceanic island arc located off-
shore of the Pacifi c margin of Gondwana. As deformed 
oceanic sequences, volcanic arcs, and microcontinents 
accreted onto the Australian margin, sediment-hosted 
copper-gold and lead-zinc deposits formed in short-lived 
intra-arc basins, while volcanogenic massive sulfi de 
deposits were produced in forearc regions. Compres-
sion leading to the inversion (Section 10.3.3) of these 
basins also triggered pulses of orogenic gold mineraliza-
tion. This and other studies (Groves et al., 2003) illus-
trate that gold-rich deposits can form during any stage 
of orogenic evolution.

Oceanic transform faults are favorable environments 
for mineralization because they may be associated with 
high heat fl ow and provide highly fractured and perme-
able conduits for both the downward percolation of 
seawater and the upward migration of mineralizing 
fl uids. Iron sulfi de concretions have been reported from 
the Romanche Fracture Zone of the equatorial Atlantic 
which may have originated by this mechanism. The 
brine pools of the Red Sea appear to be located where 
transform faults intersect the central ridge, and it is 
possible that the metals ascend along these faults. 
Indeed, base metal deposits are found along the conti-
nental continuation of the faults. A similar mechanism 
has been postulated for the brines of the Salton Sea, 
California. It is probable that the ultramafi c intrusions 
occurring in fracture zones (Section 6.12) contain high 
proportions of nickel, cobalt, and copper.

For mineralization in the Archean cratons, analogies 
with the plate tectonic settings of some Phanerozoic 

deposits are possible. For example, many Archean 
greenstone belts host volcanogenic massive sulfi des 
(Kuroko-type), copper-zinc-lead sulfi des, and gold 
deposits that also occur throughout the Phanerozoic 
record. However, many aspects of Archean metallo-
genesis require further investigation. Porphyry coppers, 
which typically have a clear association with subduc-
tion zone environments, are extremely rare in the 
Archean, except for a few controversial examples (Her-
rington et al., 1997). In addition, nickel-sulfi de depos-
its hosted by komatiites in Archean greenstone belts 
(Section 11.3.2) have no modern analogues. Some 
studies (de Ronde et al., 1997) have suggested that 
fl uid circulation in the Archean occurred at a larger 
scale than during other times in Earth’s history, which 
would have infl uenced the formation of hydrothermal 
ore deposits. These features may refl ect fundamentally 
different tectonic and/or crustal processes operating 
during the Archean compared to Phanerozoic times 
(Section 11.3).

Banded iron formations (BIFs) are common in 
Archean cratons (Section 11.3.2), although they also 
occur in rocks as young as Devonian. These rocks 
contain magnetite, hematite, pyrite, siderite, and other 
iron-rich silicates. Two main types have been identifi ed 
(Pirajno, 2004). An Algoma type is associated with vol-
canic sequences in backarc environments. A Superior 
type is associated with sedimentary sequences depos-
ited on the continental shelves of rifted continental 
margins. The development of BIFs on a global scale 
during Late Archean and Early Proterozoic times 
also may refl ect a period of enhanced mantle plume 
activity.

Proterozoic mineral deposits are widely interpreted 
as forming in plate tectonic environments, particularly 
those related to divergent plate margins and subduction 
zones (Gaál & Schulz, 1992). Possible exceptions to this 
approach may include massif-type anorthosite com-
plexes, which are associated with iron-titanium deposits 
of magnetite and ilmenite. These magma-hosted ore 
deposits may have originated during episodes of lower 
crustal melting (Section 11.4.1). Some studies have 
related such magmatism to the break-up of superconti-
nents, to zones of continental rifting, and to mantle 
plumes (Pirajno, 2004).

Another type of magma-hosted deposit includes dia-
monds that occur in kimberlite pipes. Kimberlites 
consist of small potassic, ultramafi c intrusions that 
originate from the mantle. These intrusions occur in 
virtually every Archean craton as well as throughout 
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the Phanerozoic. In some areas, such as in parts of 
North and South America, there is good evidence that 
the majority of kimberlites were generated during 
times of enhanced hot spot or mantle plume activity 
(Sections 5.5, 5.7), possibly associated with the break-up 
of the supercontinent Gondwana. The relationships 
among kimberlite magmatism, supercontinent assem-
bly and dispersal, the relative stability of the crust and 
mantle, and diamond productivity are discussed further 
by Heaman et al. (2003).

13.2.3 Deposits of 
sedimentary basins

The majority of fossil fuels are found within sedimen-
tary basins whose formation can be related directly or 
indirectly to plate motions. In addition to the sedimen-
tary environment, quite stringent conditions are neces-
sary for the development and preservation of these 
resources.

There are four principal criteria which must be met 
for the development of petroleum and gas, hereinafter 
referred to as hydrocarbons: layers rich in organic 
matter within the sedimentary succession; a source of 
heat applied for a time suffi cient for the maturation of 
organic materials into hydrocarbons; permeable path-
ways which allow movement of the hydrocarbons; and 
a porous reservoir whose top is sealed by impermeable 
capping beds.

The main source of the disseminated organic 
matter, or kerogens, in sediments is plankton. The 
abundance of plankton is controlled by climate, the 
quantity of nutrients available, and water body geom-
etry. The fi rst two factors are latitude dependent, and 
the majority of oil basins originate at low latitudes. 
The latitude is obviously affected by the north–south 
component of plate motion, while the plate confi gura-
tion at any given time determines water body geom-
etry. Organic material is especially abundant along 
continental margins where there is major river runoff 
into large deltas.

The preservation of kerogens requires conditions 
which are not oxidizing. These are achieved along con-
tinental slopes where the production of organic matter 
exceeds the availability of free oxygen to convert them 
to carbon dioxide, and in closed anoxic basins. It follows 
that the shales and mudstones produced in such envi-
ronments are the most common source rocks as they 

have the ability to absorb kerogens and remove them 
from the effects of free oxygen.

The temperature experienced by the kerogens after 
burial is critical, and depends on the local geothermal 
gradient. Temperatures of 70–85°C are required to 
develop liquids and 150–175°C for dry gas. It is also 
important that a critical exposure time to these tem-
peratures is exceeded, so the basin must be free from 
tectonism and uplift during this period.

After formation, the hydrocarbons undergo primary 
migration from the fi ne-grained source rocks and sec-
ondary migration as they concentrate and accumulate 
in a reservoir of high porosity. Migration occurs because 
of the buoyancy of the hydrocarbons, and it follows 
that all hydrocarbon accumulations are allochthonous. 
There are several types of oil trap, including anticline, 
fault, stratigraphic, unconformity, and lithological traps, 
which have the effect of providing a capping to the 
reservoir with an impermeable cover which prevents 
further upward movement.

Plate tectonics controls the locations of reservoirs in 
that it is responsible for the formation and preservation 
of the sedimentary basins in which hydrocarbons are 
generated and trapped. These include:

 1  intracratonic basins formed by hotspot 
activity, Paris and Michigan basins;

 2  basins associated with continental rifting, e.g. 
the Gulf of Aden, Red Sea;

 3 aulacogens (Section 7.1), e.g. the North Sea;

 4  passive continental margin basins, e.g. the 
Gabon Basin;

 5  ensialic backarc basins, e.g. the Oriente Basin 
of Ecuador and Peru;

 6  marginal seas, e.g. the Andaman Sea;

 7  accretionary prisms, e.g. the coastal oil-fi elds 
of Ecuador and Peru;

 8  forearc basins, e.g. the Cook Inlet of southern 
Alaska;

 9  pull-apart basins associated with strike-slip 
faults (Section 8.2), e.g. the Los Angeles 
Basin, western USA (Moody, 1973);

10  foreland basins (Section 10.3.2) of orogens, 
e.g. the Aquitaine Basin, southwest France,

11  tensional basins associated with indentation 
tectonics (Section 10.4.6), e.g. southern Asia 
and Tibet.
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Not only can plate tectonics create the habitat of 
hydrocarbon deposits, it can also explain why certain 
regions are particularly rich in these deposits. A large 
proportion of the Earth’s hydrocarbon reserves are 
located in the Middle East, and the evolution and pres-
ervation of these deposits has been a consequence of a 
specifi c pattern of plate interactions (Irving et al., 
1974).

During Mesozoic and early Cenozoic times two 
large embayments existed on the continental shelf of 
the Afro-Arabian continent on the southern side of the 
Tethys Ocean (Figs 13.5, 13.6). Such embayments 
around the Tethys, which also included the Gulf of 
México and the Persian Gulf, may have been connected 
via the proto-Mediterranean Sea, or Tethys-Atlantic 
seaway, which was situated at low latitudes. At about 
100 Ma the rate of spreading of the seaway increased, 
maximizing the development of hydrocarbon source 
rocks because of the formation of extensive, warm, 
shallow seas to which were supplied large quantities of 
nutrients from the spreading center. When the seaway 
subsequently began to close following the development 
of a subduction zone at its north margin, the geometry 
of the plate movements was such as to protect the 
Persian Gulf from major tectonism. This arose because 
the rapid northerly motion of the Indian Plate absorbed 
most of the energy associated with the collision with 
the Eurasian Plate. The Gulf of México was similarly 
protected by northeastward motion of the Greater 
Antilles.

Coal is a combustible sedimentary rock containing 
in excess of 50% by weight of carbonaceous material. 
It is formed by the decomposition, compaction, and 
diagenesis of an accumulation of terrestrial and fresh-
water plant debris. Coals thus appear in the geological 
record from Devonian times when the fi rst plants 
appeared.

In order to prevent the total destruction of the 
vegetable matter by biochemical decomposition, very 
wet conditions are required to stop the decay by the 
accumulation of toxic waste products. The conditions 
under which this process occurs are controlled by 
climate and topography. Normally a warm, wet climate 
is required to promote luxuriant growth, and this 
should be under the condition of constant standing 
water. Although, in regions of high rainfall, peat forms 
in upland areas, it is rarely preserved due to the erosion 
experienced in this environment. The prime conditions 
for coal formation are those of fl at, low-lying ground 
invaded by swamps with stagnant water. The slow 

sinking of these regions preserves the organic layers 
by progressive burial.

The process of coalifi cation refers to the physical 
and chemical changes experienced by the organic matter 
after burial in response to rising temperature and pres-
sure. On compression, water and volatiles are expelled 
and the deposit becomes enriched in carbon. The degree 
of coalifi cation is refl ected in coal of different ranks, 
varying from the low rank lignite to high rank 
anthracite.

Plate tectonics affects coal formation in that it con-
trols the latitude of a region (Section 3.4) and creates 
the environments necessary for the preservation of 
organic matter, of which the most important are passive 
continental margins (Section 7.7). Deltas formed on 
such margins produce the most favorable conditions for 
coal formation, and swamps can develop on a regional 
scale. Present day examples include the Niger, Amazon, 
and Mississippi deltas, and ancient examples the Car-
boniferous coals of North America and northwest 
Europe. Intracratonic deltas, such as the Rhine, are 
similarly productive and are likely to be preserved due 
to their stable surroundings. Coal deposits are also 
found in aulacogens and ensialic backarc basins. The 
tectonism associated with collisional orogens provides 
an environment whereby coals increase in grade by 
high-pressure metamorphism.

13.2.4 Deposits related 
to climate

It has already been stated that the formation of hydro-
carbon and coal deposits is dependent upon both climate 
and special conditions of sedimentation. There are 
certain deposits, however, which appear to be related 
solely to climate. Since climate is largely dependent 
upon latitude, north–south plate motion can be consid-
ered as controlling the formation of such deposits. They 
include laterites and evaporites.

The most important lateritic deposit is nickel later-
ite, which results from the extreme weathering of the 
ultramafi c parts of ophiolite bodies under tropical con-
ditions. The original nickel content of fresh peridotite 
becomes enriched by a factor of about seven under the 
infl uence of such weathering by percolating ground 
water. These deposits are becoming increasingly impor-
tant sources of nickel, and are exploited in the south-
western Pacifi c and the northern Caribbean.
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A similar deposit is bauxite, a residual deposit 
enriched in aluminum hydroxide, which provides the 
vast majority of the world’s aluminum. This forms by 
the in situ weathering of aluminosilicate minerals on 
stable peneplaned topography in a wet tropical climate 
by the intense leaching of alkalis and silica. Bauxite only 
forms within 30° of the equator and requires high rain-
fall and high ambient temperatures. It is mined in 
Jamaica, northern Australia, and China.

Evaporites form in an arid climate by the evapora-
tion of seawater in semi-isolated basins which receive 
periodic marine infl uxes. They cannot develop by the 
evaporation of a single isolated body of water, as this 
could not explain the vast observed thicknesses of 
evaporite deposits. The sequence of minerals precipi-
tated is calcium carbonate and sulfate, sodium chloride, 
and fi nally magnesium or potassium minerals. Evapo-
rites are important commercially in the chemical indus-
try, particularly for the potash salts. They are also 
important in the generation of hydrocarbon traps 
because, being of low density, they mobilize after burial 
and rise through the sedimentary layers. Such haloki-
nesis provides fault traps along the sides of rising salt 
masses and anticlinal traps in the layers above the 
masses which are folded during the ascent. This is an 
important process in the North Sea and Gulf of México, 
for example, which are underlain by salt deposits of 
Permian age.

13.2.5 Geothermal power

Geothermal energy can be effectively utilized for power 
generation when the vertical thermal gradient is several 
times its mean value of about 25°C km−1, producing 
near-surface temperatures above 180°C. This condition 
is achieved at constructive and destructive plate 
margins, as exemplifi ed by the geothermal power plants 
in Iceland and the North Island of New Zealand, 
respectively. Anomalously high geothermal gradients 
are also present in intra-plate areas where they are 
frequently associated with granitic plutons. The normal 
geothermal gradient can be utilized for lower energy 
power generation, such as for space heating, wherever 
a thick pile of permeable sediments allows the circu-
lation of fl uids to depths of several kilometers. An 
example of this type is the Paris Basin, where space 
heating for over 20,000 dwellings is provided by deep 
fl uid circulation.

13.3 NATURAL 
HAZARDS

The most obvious natural hazards resulting from tec-
tonic activity are earthquakes and volcanic eruptions. 
However both may cause tidal waves either directly, or 
indirectly, by triggering major slides or slumps from 
steep slopes at the continental shelf edge or on volcanic 
islands. The largest tidal waves, or tsunamis, are caused 
by earthquakes on faults that displace the ocean fl oor, 
typically in the vicinity of ocean trenches and associated 
with subduction of ocean fl oor (Fig. 9.5). A recent 
example was the South Asia tsunami arising from the 
Indonesian earthquake of December 26, 2004. Volcanic 
eruptions on volcanic islands, particularly if they are 
explosive, as in the case of island arc volcanoes, can also 
produce very damaging tidal waves. The eruption of 
Santorini in the Aegean, in the 17th century BC, that 
severely damaged that part of the Minoan civilization 
on Crete, and the eruption of Krakatoa in Indonesia in 
1883, are classic examples. Detailed mapping of the 
ocean fl oor has revealed major debris slides off conti-
nental slopes, such as the Storega slide off Norway, and 
around volcanic islands such as those of the Hawaiian 
chain. As most of these slides are pre-historic one 
cannot be sure that they were all triggered by earth-
quakes or igneous activity but it seems very likely that 
they were.

Several hundred thousand earthquakes are recorded 
by the Global Seismograph Network every year. Most 
of them are so minor that they go undetected by people 
and less than 1%, approximately 1000, cause damage. 
Earthquakes are most common on or in the vicinity 
of plate boundaries and in the other zones of deforma-
tion shown in Fig. 5.10. Fortunately damaging, large 
magnitude earthquakes are relatively rare, on average 
one or two a year, and they are confi ned to these 
major earthquake zones. In any one geographic area 
therefore the interval between large, damaging earth-
quakes may be several hundred years. The frequency 
of occurrence is inversely proportional to the magni-
tude, thus small magnitude earthquakes are very 
common particularly in the main earthquake zones. 
Earthquakes also occur in plate interiors, away from 
the main earthquake areas, as a result of the stresses 
and strains set up within plates by plate driving forces. 
Such earthquakes often occur on pre-existing faults that 
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have an appropriate orientation with respect to the 
present day stress fi eld. The recurrence interval 
between earthquakes in a particular intra-plate region 
is typically very long – hundreds or thousands of years. 
The long intervals between earthquakes in a within-
plate region and between very large magnitude earth-
quakes in the main earthquake regions means that 
populations are often surprised and ill-prepared when 
an earthquake does occur.

Major volcanic eruptions are even less frequent but 
unlike the situation for earthquakes the techniques for 
providing useful predictions of volcanic eruptions are 
showing greater promise and should increasingly save 
lives. The nature of volcanic eruptions depends on the 
chemistry of the magma involved. The relatively silica- 
and volatile-rich magmas of island arc volcanoes give 
rise to explosive eruptions as a result of their relatively 
low temperature, high viscosity, and high gas content. 
Such volcanoes give rise to large volumes of ash, slow 
moving, viscous lavas, and at worst turbulent clouds of 
superheated gases and incandescent ash known as nuees 

ardentes. Silica- and volatile-poor tholeiitic magmas, 
such as those of Iceland and Hawaii, give rise to quiet 
extrusion of low viscosity lavas that fl ow readily at their 
source but slow as they cool and fi ll topographic depres-
sions. Affected populations can usually avoid advancing 
lava fl ows but not clouds of incandescent ash. The 
pumice and ash that build up on the slopes of explosive 
volcanoes can also be remobilized by torrential rains 
that are triggered by the cloud of dust particles that 
accompanies the eruption. The resulting mudfl ows 
then sweep down the fl anks with great speed, gathering 
more material and ultimately engulfi ng towns and vil-
lages in their path.

Devastating as the natural hazards associated with 
earthquakes and volcanoes are they are an inevitable 
consequence of the dynamic state of the Earth’s inte-
rior. Without such processes the Earth would not be 
such a distinctive planet, not only in terms of its surface 
features and the concentration of energy and mineral 
resources at and near its surface, but also, in all probabil-
ity, in terms of the origin and evolution of life.



 1 a. Summarize the subdivisions of the Earth’s 
silicate mantle and metallic core that have been 
deduced from seismologic studies. Indicate 
briefl y the type of seismologic study or 
observation that provides the evidence for each 
layer that you mention.

 b. Suggest a plausible temperature distribution 
within the Earth that is consistent with the 
physical state and rheological properties of these 
different layers.

 2 a. Describe the way in which the seismic “fi rst 
motion” at a number of seismologic observatories 
across the world can be used to obtain a focal 
mechanism solution for an earthquake of 
suffi ciently large magnitude.

 b. Explain how, for near-surface earthquakes, such 
solutions can be related to a simple theory of 
faulting and hence to the principal stress 
directions in the vicinity of the earthquake and 
the sense of motion on the fracture.

 3 Review critically the various lines of geophysical 
evidence suggesting that there is a layer of low 
strength (the asthenosphere) in the upper mantle. 
How, if at all, does the depth of this layer vary 
beneath different geological provinces?

 4 In the late 1960s four aspects of seismology provided 
the basis for the formulation of the concept of plate 
tectonics:

 a. more precise epicentral and focal depth 
determinations;

 b. the study of surface waves and free oscillations;
 c. attenuation studies; and
 d. the determination of focal mechanism solutions.

Explain briefl y the nature and signifi cance of each 
of these contributions. Show how a nearly complete 
statement of plate tectonics can be derived from 
seismology alone.

 5 a. Explain the underlying assumptions of the 
paleomagnetic method for determining the 
paleolatitude and orientation of a continental 
area. Outline the various stages involved in 
carrying out such a paleomagnetic study.

 b. Describe two ways in which studies based on 
the remanent magnetization of rocks have 
contributed to the verifi cation of continental 
drift and the formulation of plate tectonics.

 6 a. Defi ne the term transform fault and illustrate 
the six theoretical possibilities for active, right-
lateral transform faults which do not terminate 
in triple junctions. Indicate the way in which the 
geometry of each type evolves with time and, 
where possible, cite a recent or present day 
example.

 b. Explain the signifi cance of transform faults 
when deducing the relative motion between 
adjacent lithospheric plates.

 7 Explain the principles upon which the direction 
and rate of relative motion between lithospheric 
plates are deduced for the different types of plate 
boundary developed at the Earth’s surface. Review 
briefl y the types of argument used to convert 
these “relative” motions into “absolute” plate 
motions with respect to the Earth’s deep interior. 
To what extent do the resulting models for absolute 
plate motions differ?

 8 a. Briefl y outline the basic assumptions involved in 
making a paleomagnetic study.

 b. Explain qualitatively how the global paleo-
magnetic dataset for rocks formed during the 
past 200 Ma may be analysed to test:

  i.  the geocentric dipole model for the Earth’s 
magnetic fi eld;

  ii.  the hotspot model for absolute plate 
motions; and

  iii.  the suggestion that much of the Western 
Cordillera of North America consists of 
“displaced” or “suspect” terranes.

In each case state any assumptions and limitations 
of the method.

 9 Explain the following plate tectonic concepts, 
illustrating your answer with specifi c examples:

 a. failed arms or rifts;
 b. triple junctions;
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 c. backarc spreading; and
 d. Benioff plane reversal.

10 Explain the main structural differences between 
volcanic and nonvolcanic rifted continental 
margins. Discuss how these two types of margin 
form in terms of continental break-up processes.

11 In what ways do the main principles of plate 
tectonics fail to explain how continental crust 
deforms? What types of data are used to determine 
how large zones of continental deformation 
behave?

12 The evolution of continental rifts is thought to be 
controlled by a number of competing mechanisms, 
including lithospheric stretching, strain-induced 
weakening, and magma intrusion. Explain how 
these mechanisms infl uence rift evolution.

13 Explain how earthquake focal mechanism solutions 
can give an indication of the stress fi eld in the 
vicinity of the earthquake focus. Cite examples of 
focal mechanism solutions and inferred maximum 
and minimum principal compressive stress directions 
for earthquakes occurring:

 a. at plate boundaries; and
 b. within plates.

14 What are the controls on the geometry of foreland 
basins and modes of shortening in foreland fold and 
thrust belts?

15 Describe the generalized morphology of a 
subduction zone, explaining all the features 
described in terms of a subduction model.

16 Formulate a possible “life cycle” for an ocean basin 
within the framework of continental drift, sea fl oor 
spreading, and plate tectonics. Give present day 
examples to illustrate various stages in your 
proposed cycle.

17 Describe the physical and chemical properties of 
Archean cratonic mantle lithosphere and explain 
how these characteristics have contributed to its 
long term survival. Discuss at least two models that 
explain how the Archean lithosphere may have 
formed.

18 Provide a detailed description of the igneous rock 
suites that are expected in different tectonic 
environments. How are the Archean suites similar 
to and different from those that characterize 
Phanerozoic times?

19 How and why might the Early Archean tectonic 
regime have differed from that of the present?

20 Some geologists and geophysicists claim that studies 
of the structural setting, internal structure, and 
composition of ophiolites are highly relevant to a 
better understanding of the processes occurring in 
subduction zones and at ocean ridge crests. Describe 
the evidence derived from ophiolites and provide a 
critical review of these claims.

21 Compare and contrast the properties and mechanical 
behavior of continental versus oceanic lithosphere.

22 Explain why studies of isostasy are important in 
considering the Earth’s dynamic behavior.

23 Explain the processes that may be involved in 
the formation of orogenic plateaus at convergent 
margins.

24 Summarize the observations that geoscientists have 
used to determine when plate tectonics fi rst began 
on planet Earth.

25 Describe the data and techniques used in making 
continental reconstructions.

26 In what ways have studies of terrestrial heat fl ow 
contributed to plate tectonic theory?

27 Explain the strengths and limitations of 
paleoclimatological techniques for determining 
past plate motions and geographies.

28 Describe the evidence for plate tectonic processes 
being operative in Proterozoic times.

29 Explain the types of metamorphism that are 
expected within the different provinces of 
convergent margins.

30 Discuss the role of supercontinents within the basic 
framework of plate tectonics.

31 Summarize the main characteristics of Large 
Igneous Provinces (LIPs) and the principal 
observations that constrain their possible origins. 
Explain why these features are important in the 
tectonic evolution of the planet.

32 Describe the physical changes to a convergent 
margin that occur as a result of arc–continent 
collision

33 Evaluate the pros and cons of applying the basic 
tenets of plate tectonics to explain the origin
and evolution of economically viable mineral 
deposits.
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34 Describe the principle of terrane analysis as applied 
to the continents and explain what it has revealed 
about the mechanisms by which the continents 
have grown since Precambrian times.

35 Describe the principal factors that control 
deformation within the upper plate of convergent 
margins. Which combination of factors explains 
the differences in the width of the Andean orogen 
in the Central and Southern Andes?

36 Explain the mechanisms that allow continental 
transforms to accomplish the very large 
displacements that are observed on them.

37 Explain the evidence for and against indentation 
tectonics as applied to southeast Asia.

38 Discuss the evidence for convection in the mantle.

39 Outline and discuss the data which have led to 
current theories of the causes of plate motions.

40 Explain the various mechanisms of ductile creep in 
the mantle.

41 Explain how fl uid fl ow and variations in pore fl uid 
pressure infl uence the structure and mechanical 
evolution of accretionary prisms?

42 Describe the principal characteristics of accretionary 
orogens and how they form?

43 Discuss dehydration processes in subduction zones 
and how they infl uence the tectonic evolution of 
convergent margins.

44 Explain how concentrated surface erosion and the 
exhumation of deep crustal rocks infl uence the 
mechanical evolution of orogens.

45 a.  Explain how pull-apart basins and localized 
regions of uplift form along continental strike-
slip faults.

 b.  Explain the various ways in which deformation 
may be accommodated in zones of transtension 
and transpression. Provide simple sketches to 
illustrate your answer.

 c.  Compare and contrast the deep structure of the 
San Andreas and the Alpine fault systems. How 
do models of these continental transforms 
differ?

46 Describe at least two unsolved problems in our 
understanding of the processes that accommodate 
continental collision and discuss ways in which 
these problems may be resolved in the future.

47 The following table lists data obtained from two 
tectonic provinces in North America. Calculate the 

heat fl ow at each site and, using graphs or 
calculations as appropriate, discuss the signifi cance 
of the results:

Site Heat 
production 
of surface 

rocks 
(10−6  W  m−3)

Thermal 
conductivity 
(W m−1 °K−1)

Temperature 
gradient
(°K  km−1)

Cenozoic province (last thermal event at 20 Ma)
A1 4.28 6.6 15.0
A2 5.50 4.9 22.5
A3 5.90 3.8 30.0
A4 3.78 3.9 23.9

Caledonian province (last thermal event at 400 Ma)
B1 2.14 2.0 25.0
B2 2.90 3.0 18.5
B3 3.57 3.0 20.2
B4 4.83 4.2 16.0

48 Assuming that Airy’s mechanism for isostatic 
compensation is perfectly obeyed, show that the 
thickness of continental crust at any point is a linear 
function of the topographic height at that point.

The Bouguer gravity anomaly map for a 
mountainous area of Utopia was corrected for 
isostatic compensation using an Airy model. In 
general the anomalies on the resulting isostatic 
anomaly map were negligible, with the exception 
of one area where a broad band of negative 
anomalies persisted. This was interpreted as arising 
from compensation for topography which has since 
been removed by erosion. If this residual isostatic 
anomaly had an amplitude of −1000 g.u. and the 
area is broad, estimate the excess thickness of the 
root. To what thickness of eroded crustal material 
does this correspond?

(G = 6.67 × 10−11 m3 kg−1 s−2; 1 g.u. = 10−6 m s−2;
Mean density of crust = 2.85 Mg m−3;

 Density of upper mantle = 3.35 Mg m−3).

49 The thermoremanent magnetization of the Palisade 
Sill, which overlooks the Hudson River and the city 
of New York, is directed towards the north and has 
an inclination of 25.6° downwards. Calculate the 
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implied paleomagnetic pole position (in present day 
coordinates), and the geographic latitude of the sill 
at the time of its intrusion, approximately 190 Ma.

Assuming that the difference between the present 
and the paleolatitude of the sill is due to the drift 
of North America with respect to the geographic 
pole, calculate the implied average rate of drift 
during the past 190 Ma. Is this an absolute, 
maximum, or minimum average rate? Explain. 
(Present latitude and longitude of sill = 40.5°N, 
75°W; 1 degree of latitude = 111 km.)

50 In the plate tectonic situation illustrated below 
three plates (A, B, and C) are separated by a 
symmetrically spreading ridge at R and a subduction 
zone at T. If the rate of spreading at R is x mm a−1 
per ridge fl ank, and the rate of subduction at T is 

y mm a−1, describe the way in which the situation 
evolves with time for each of the following fi ve 
cases:

 a. y less than x;
 b. y equal to x;
 c. y between x and 2x;
 d. y equal to 2x; and
 e. y greater than 2x.

Hint: Consider plate C to be fi xed and assign  
velocities to A, R, and B, relative to C, in terms of 
x and y.
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376
common features of 338, 340, 502
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accretionary prisms 251, 264–9, 270
accumulation of sediments including 

olistostromes 267
creation of mélange 268
décollement 264, 266

sliding on 267
deformation front 264
development of 243, 244
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fold and thrust belt 264
frontal accretion 265
large negative anomalies 252
lateral growth 265–6
long-term circulation of material in 267
Nankai Trough 264, 266

lateral growth rate 267
out-of-sequence thrusts 266, 266
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wedge 267, 268
mechanical adjustments of 

oversteepened surface slope 267
thickened by tectonic shortening 267
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and fl uid fl ow, sensitivity to 
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mechanisms 268–9
proto-décollement zone 264
Taiwan 332, 333
tectonic underplating 266, 267
top defi ned by trench slope break 267

accretionary wedges see accretionary prisms
accretive/constructive plate margins 92, 122

symmetric magnetic lineations 84, 112
Adama Rift Basin 158, 159, 160, 161
Aegean Sea 153, 162, 163, 164
Afar Depression 155, 157, 203
Afar hotspot, Ethiopian fl ood basalts 101, 

172
African superswell 176, 394
age provinces

matched across S Atlantic 58–9, 59

sea fl oor divided into 84
Aleutian accretionary prism growth 

rate 267
Aleutian arc, focal mechanism solutions of 

earthquakes 256, 257
Aleutian–Alaska arc, prominent gap in 

seismicity 259, 261
alkaline series, includes shoshonitic 

lavas 271
Alpine Fault, New Zealand 228–30, 338

accommodation of oblique slip 244, 245, 
246

Breaksea Basin once continuous with 
Dagg Basin 220, 221, 222

central segment, weakly/non-partitioned 
style of transpressional 
deformation 213, 223

change in relative plate motion, oblique 
continent–continent collision 228

crustal structure below 213, 242, 242
dextral movement, accommodation 

of 213, 220, 228
dextral transform fault 113, 113
Five Fingers Basin 220, 221
large crustal root beneath Southern 

Alps 213, 228–9
interpretation of mantle deformation 

below the Fault 229, 229
late Cenozoic, became locus of slip 

between plates 228
linear trace extends across South 

Island 211, 213, 215
Resolution segment, pull-apart basin 220, 

221
restraining bend 220, 221
southern segment, strike-slip partitioned 

transpression 221, 223
surface uplift and exhumation 243–4
unusually thin seismogenic layer 243
vertical thickness of root below South 

Island 230
explanations of root geometry 230, 

230
Alpine–Himalayan belt 411
Altyn Tagh Fault 316, 318, 321
Amazonia–Laurentia collision 372
Americas–Europe and Africa, similarity of 

coastlines noted 2
Andean cordillera

compression in overriding plate and 
mountain building 288 

diversity of 288–9
latest phase of compression 289

Andean foreland, styles of tectonic 
shortening 292, 292, 293, 294

foreland basement thrusts 292, 293 
segmentation of foreland 292, 294
thick-skinned and thin-skinned fold and 

thrust belts 292, 293
Andean-type subduction, specifi c types of 

deposit 417–18
backarc environment, granite belts with 

tin and tungsten 417–18
stratabound copper sulfi des 417

Andes, central 301–2
arcuate shape (orocline) 294
evolution of shortening (model) 300
fl at and steep subduction zones 289, 291

Neogene volcanism above steeply 
dipping slab 289

rotation round vertical axis during the 
Neogene 294

seismic refl ection profi le suggests 
presence of fl uids 274–5, 296

strongest inter-plate coupling 298, 299
volcanic gaps and fl at slab segments 289

Andes, central, deep structure 294–7
cold lithosphere of Brazilian Shield to 

east 296–7
crustal thickness 286, 294
lithospheric thinning beneath the 

Puna 293, 294
lithospheric-scale cross-section 296
low wave speed zone beneath Los Frailes 

ignimbrite fi eld 296, 297
refl ectors mark top of subducting Nazca 

Plate 294
seismic refl ection profi le across 

294, 295
contrasts with those collected under 

fossil mountain belts 294, 296, 338, 
341, 364

distinct Moho conspicuously 
absent 294

Andes, central and southern, general 
geology 291–4

Altiplano-Puna 288, 291
period of intense crustal 

shortening 291–2
Quebrada Blanca Bright Spot 295, 296
zone of low seismic wave speeds 

beneath 296

463



464 INDEX

Andes, central and southern, general 
geology (cont’d)

 backarc region 288, 292, 294
Neogene shortening 292

Chile Ridge currently subducting 294
Liquiñe–Ofqui fault zone 294
models simulating deformation in 321
narrow forearc region 292

Precordillera exposes Precambrian 
basement 292

Western and Eastern cordillera 288, 291
Andes, Chilean, arc compression 263, 273
andesites

calc-alkaline series 271
high-Mg (boninites) 353

anorthosite 350
massif-type 419

anorthosite-mangerite-charnockite-granite 
(AMCG) suites 363

anorthosite massifs 363
anoxic event 409
Antarctica

fi rst major build-up of ice 409
warming and deglaciation in late 

Oligocene 409, 410
mid-Oligocene, surrounded by southern 

Ocean 408, 409
separation from Africa 407, 409
separation from India 408, 409
sudden build-up of ice, mid- and late-

Miocene 409, 410–11
Appalachian fold belt–Caledonian fold belt 

of N Europe, continuity 58, 59
Appalachian orogen, data collected in 

Newfoundland 340, 341
exotic terranes accreted onto Laurentia 

margin 340, 341
many rifted from NW Gondwana 340, 

376
seismic refl ection data may mark old 

subduction zone 340, 341
apparent polar wander curves 67–8

APW for Gondwana, disagreement over 
details 68, 70

positions of South Pole 4, 68
continental drift has occurred 67, 69
paleomagnetic signature of plate 

convergence/divergence 67–8, 70
two methods of displaying paleomagnetic 

data 67, 68
arc magmatism 271–5

general model of 252, 273–5, 274
depth to zone of seismicity 273
mechanisms of melt generation 

272–4
arc–continent collision 287, 330–2

active examples 330
oblique, Taiwan 287, 332, 333
sequence of events 330
Timor–Banda arc region 330, 331

Archean cratons 419
banded iron formations (BIFs) 350, 419
general geology 350

granite-greenstone belts 350, 352–3
greenstone belts 350
high grade gneiss terranes 350
tonalite-trondhjemite-granodiorite 

(TTG) suites 350
low velocity zones weak or absent 349
lowest surface heat fl ow of any 

region 349
understanding of mineral deposits is 

complicated 412–13
Archean metallogenesis, many aspects 

require further investigation 419
Archean tectonics 349–61

crustal structure 355–8
horizontal and vertical tectonics 358–61

Archean–Proterozoic boundary, change in 
nature of lithosphere-forming 
processes 364

Arctic water, provides enhanced 
precipitation over Antarctica 411

Arequipa Massif 292
aseismic creep 233
aseismic ridges 289
Asia, in continuum models of 

indentation 321
Asia, fi nite element models

effect of indenter shape on distribution of 
deformation 322–3, 322, 323, 324

lateral escape of crust 323
lithosphere especially viscous and 

strong 323
modeled as a viscous sheet 322, 322

asthenosphere 44, 48–51
anomalously hot 159

beneath Africa 176
and mantle drag force 389
mantle melting point most closely 

approached 49, 49
and relative movement of plates 49

Atacama Fault (System) 97, 292
Atlantic ocean, reconstruction of continents 

around 55–8
atmosphere

removal and return of CO2 to 411, 412
and seawater, changes in chemistry of 8

aulacogens (failed rifts) 153, 421
Australia, western, evidence for collision and 

suturing of Yilgarn and Pilbara 
cratons 365

Australia–Banda arc collision zone 330, 331
Australian–Antarctica boundary, comparison 

of models REVEL and NUVEL-1A 
109, 109

Australian–Pacifi c plates, and oblique 
continent–continent collision 228

Avalonia 340, 341, 376
rifted from Gondwana 376, 377

axial magma chamber 143
seismic evidence for 131–3

backarc basins 251–2, 252, 279–85
backarc lavas, compositional 

variation 282
in continental settings 284–5, 285

in context of Andean-type convergent 
margins 279–80

most characterized by thin, hot 
lithosphere 285, 296

form behind volcanic arc in the overriding 
plate 279

heat fl ow decreases with age 383
Lau basin 280, 281, 281

model of crustal accretion for 282–3, 
283, 284

weaker mantle or thinner 
lithosphere 254

magmas 282
mechanisms postulated for formation 

of 282–4
roll-back mechanism 282, 300, 344
sources of tension 282

model of formation generalized 
283–4

most associated with extensional tectonics 
and high heat fl ow 279

oceanic, crustal composition 280–1
regions of crustal extension and 

accretion 92
rifting of existing island arc along its 

length 280
structures corresponding to mid-ocean 

ridges not always present 
281–2

backarc spreading centers, backarc crustal 
accretion and subduction, 
linkages 282

Baikal Rift (System) 153, 153, 159
Baltica 372
Banda forearc see Australia–Banda arc 

collision zone
Banda volcanic arc 330
banded iron formations (BIF) 350, 361

common in Archean cratons 419
Algoma and Superior types 419

basalts 78
backarc basins, variation in 

geochemistry 283–4
fl ood basalts

continental 101, 101, 153, 154, 171, 172, 
172

tholeiitic 172–3
mid-ocean ridge

from slow- and ultra-slow spreading 
ridges 140

refl ect fractionation environment after 
partial melting 140

rift, enriched 172
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subducting, chemical reactions in 275, 
276, 277

tholeiitic 175, 354, 354
basin inversion 303

in association with strike-slip faulting 222, 
302

caused by variety of mechanisms 221, 
263, 303

common criterion for recognition, null 
point or null line 303, 303

compressional reactivation of pre-existing 
normal faults 303, 304

Basin and Range Province 94, 153, 246
broadly distributed deformation 162, 

163
Cenozoic deformation between two 

rigid blocks 162
deformation fi eld revealed 162, 163, 

164
recurrence time of major faults 165
relative motion, accommodation 

of 164
seismogenic layer, implies high 

geothermal gradients and crustal 
thinning 165

Sierra Nevada and Colorado Plateau, 
virtually no Cenozoic 
deformation 162

signifi cant part of strain may be 
accommodated aseismically 165

three sub-provinces show distinctive 
strain patterns 163, 164

two prominent bands of high 
strain 162, 163

Walker Lane and Eastern Californian 
Shear Zone 163, 164, 212

example of wide intracontinental rift 153, 
162

force required for rupturing 176
heterogeneous crustal thinning in 

previously thickened crust 165
crustal thinning non-uniform and 

infl uenced by pre-existing 
lithospheric structure 165

Death Valley, youngest examples of 
large-magnitude extension 166

thick crust, history of convergence and 
crustal shortening 165

variation in Moho depths 165
small- and large-magnitude normal 

faulting 168
accommodation of large extensional 

strains and crustal thinning 168
asymmetric half graben and footwall 

uplifts 168
Cenozoic fault patterns 169, 170
Egan Fault 169, 170
extensional detachment faults 168–9
low-angle, large-offset normal faults 

evolution by fl exural rotation 169

metamorphic core complexes 167, 
169, 170

Sevier Desert Detachment Fault 169, 
170

slip on low-angle normal faults 169
Snake Range Detachment 169, 170
Spring Valley Fault 169, 170
Wasatch Fault Zone 169, 170

thin mantle lithosphere and anomalously 
high heat fl ow 168

regional topography unusually 
high 168

volcanic activity 168
value of Te low 184

batholiths 271–2, 273
Gangdese batholith 309, 314, 315
Karakorum granite batholith 314, 316

bauxite 422
and laterite 61

bending resistance (RB) 389, 389
Benioff zone 84, 330

dip angles below central Andes 289, 291
double Benioff zones beneath Japan 

arc 257, 257
earthquakes on 252, 253, 254, 254
length of 262, 262
new interpretation 254, 255
variation in dips 262

black shales
and Greenhouse Earth 410
and oil deposits 106–7, 107

block rotation models 237–9
blocks defi ned 236, 237
calculated fault slip rates 237
elastic locking depth concept 238
geodetic and geologic rates mismatch, 

reasons for 238
incorporation of elements of permanent 

deformation 238–9
block-to-block communication of 

rotation rates 238
potential problem, short-term geodetic 

data 237–8
southern California 238

blueschist 275, 276, 281
associated also with ophiolitic 

suites 277
boninites (high-Mg andesites) 353
border faults 156, 203

grown by propagation from short fault 
segments 202

high-angle 203, 204
in lithospheric fl exure 183, 183, 184

Brazilian Shield 306
cold lithosphere 296–7
underthrusting probably driven by simple 

shear 305
brittle deformation 34–6, 186, 187, 239

Anderson’s theory of faulting 35, 35
by cataclastic fl ow 35–6, 35

confi ning pressure, increasing with 
depth 35

and differential stress 34–5
Griffi th theory of fracture 34

buoyancy forces arising from crustal 
thickening 323

balanced by edge forces from 
indentation 321

buoyancy forces and lower crustal 
fl ow 181–3

crustal buoyancy forces 181, 181, 297
reduced or enhanced during 

lithospheric stretching 181, 
182, 183

gravitational buoyancy forces 323, 326
and extension in Tibet 321

strain delocalizing effects important at 
low strain rates 180, 183

thermal buoyancy forces 181, 
181, 192

may contribute to horizontal deviatoric 
stress 401

may dominate immediately after 
rifting 183

Bushveld complex/intrusion 363, 416
Byerlee’s frictional strength law 39, 40

calcium carbonate, secreted by oceanic 
organisms 411

California, northern
Coast Ranges, contraction 163, 218, 234
Great Valley–Sierra Nevada block, 

westward movement 234
Pacifi c plate–Great Valley–Sierra Nevada 

microplate, zone of faulting 
between 234, 235

California, southern
accommodation of relative plate 

motion 162, 234
clockwise rotation of motion 234, 237
crustal motion in, velocity fi eld 

234, 236
deformation zone broadens 234, 237
use of block models 236, 238
see also Transverse Ranges, S. California

Canadian Cordillera 365
accretion of Intermontane Superterrane 

337, 339
Omineca belt represents suture 337, 

338, 339
Intermontane and Insular 

Superterranes 336, 338, 341, 376
major accretionary orogen 336, 338

rifting events 336–7, 338
Capricorn orogen 362, 365, 368
carbon dioxide (CO2)

removed from atmosphere 412
returned to atmosphere 411

carbon dioxide (CO2) concentration, and 
changing climates 372–3
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carbonates
deposited on top of glacial deposits 373
formed on sea fl oor 411
and reef deposits 61

carbonatites 413
Carlsberg Ridge 97, 391
catastrophism concept 2
Central American region reconstruction 57, 

57
clockwise rotation of C American 

blocks 57
Niger delta, post-rifting development 57
space created for Caribbean 57

Chaco foreland basin 292
charnockite 363
Chile Ridge, subducting 294
climate

and changes in oceanic circulation 406–11
deposits related to 421–2
as a dispersal barrier 63
land areas and climate 411–12
latitude major controlling factor 60

coal 61
plate tectonics affects formation of 421
prime conditions for formation 421
process of coalifi cation 421

Coast Plutonic Complex 338, 339
Coast Range ophiolite 342, 343
Coast Shear Zone 338, 339
Columbia River fl ood basalts 171
composite terranes 335–6

examples 336, 338, 341, 376
Conrad discontinuity 19, 20, 21, 29–30
continent–continent collision 209, 228, 287, 

306–30
between India and Eurasia 306–10, 308, 

309
between Laurussia and Gondwana 377–8, 

377
general geology, Himalaya and Tibetan 

Plateau 312–16
relative plate motions and collisional 

history 306–9
surface velocity fi elds and seismicity 309–

12
continental arcs

dacites and rhyolites abundant 271
structurally complex 271

continental areas, high velocities associated 
with 394

continental collision 28
and accretion, zones host range of 

metalliferous deposits 418–19
mechanisms 318–30

continental underthrusting 319
indentation, lateral escape and 

gravitational collapse 319–26
lower crustal fl ow and ductile 

extrusion 326–30
precollisional history 318–19

continental confi gurations, early 112–13
continental crust 5, 39

Archean, variety of tectonic models 
proposed 354–5

delamination of a dense eclogite 
root 354

problem with possible absence of 
subduction 354–5

TTG suites, applicable to Late 
Archean 354

becomes denser and more mafi c with 
depth 23

Conrad discontinuity 19, 20, 21
fl ow of heat from 23, 51–2
importance of vertical movements 5–6
lower crust 51

composition and Poisson’s ratio 24, 
154, 159

difference between wet and dry 23
middle and lower crust 23–4
and the Moho (discontinuity) 19, 20
natural division into three layers 21, 159, 

201, 296
oldest, at beginning of Archean Eon 347
pressure increases with depth 22
seismic velocities, variation with 

depth 19–21, 22–3
upper crust 23

enriched in long-lived radioactive 
isotopes 383–4

xenoliths, samples of deep crustal 
material 22

continental deformation
block models 237–8
problem of determining specifi c 

mechanisms 239
continental deformation, measurement 

of 39, 41
combined use of GPS and InSAR data 41, 

219
large tectonic features, deformation 39, 

235
use of GPS satellite measurements 39

Synthetic Aperture Radar (SAR) 39
continental drift 1–6, 55–71

apparent fi t of Atlantic east and west 
coasts 55

continental reconstructions 55–8
drifters and nondrifters, problems with 

both 5
geologic evidence for 58–60

correlation across juxtaposed 
margins 58

paleoclimatology 60–1
paleomagnetism 64–71
paleontological evidence 61–4

continental rifting 64
continental suturing 64
distribution of ancient plants and 

animals 61–2

diversity of species controlled by 63–4
oceans as dispersal barriers 62–3
paleobotany 63

and sea fl oor spreading 77–8
continental extension 92

core complex mode 182, 183
and effects of ductile fl ow in lower 

crust 183
see also narrow rifts; wide rifts

continental fl ood basalts 101, 101, 153, 154, 
171, 172

continental lithosphere 184
achieved tectonic stability during 

Proterozoic 363
base not well defi ned by seismological 

data 349
deforming, distribution of strain 

within 239–41
elastic thickness of 50

buried or hidden loads 50
may be highly extended without 

rupturing 162
and orogenesis 213, 287, 288

continental margins 192–3, 361
accretion to 312

continental margins, rifted 153, 192, 193–
202

carbonate hosted lead-zinc-barite ores 
found 413

evolution of 198–202
nonvolcanic margins 196–8
volcanic margins 193–6

continental margins, transform 230–2
history of 230–1
see also Ivory Coast–Ghana margin

continental reconstructions 55–8
continents around the Atlantic 56–7
Euler’s theorem 55, 55
geometric reconstructions 55
Gondwana 57–8, 58

continental regions, heat fl ow in 383, 384
continental rifting 413

leads to isolation of faunas 64
models of rifting 186, 187–8, 189, 190, 

191–2, 191
fi nal generation of new ocean 

lithosphere 192, 192
continental rifts 153

zones of extension 92, 181–3, 182
continental suturing 327, 337, 338, 339, 365

and homogenization of faunas by cross-
migration 64

see also Indus–Zangbo suture
continental transforms 211

deep structure of 224–30
Alpine Fault 228–30
Dead Sea Transform 224, 225
San Andreas Fault 224, 226–8

continents, tend to aggregate over cold 
downwellings 301
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continuum models
and modeling of velocity fi elds 235, 

236–7
simulating deformation (use of viscous 

sheet) 321–3
contracting Earth hypothesis 380, 380

no longer recognized as possible 380
convection in the mantle see mantle, 

convection in
convergent margins 264

with high obliquity 96, 97
metamorphism at 275–9

chemical reactions in subducting 
basalts 275, 276, 277

tectonic inversion of extensional backarc 
and intra-arc basins 303

core, the 33
inner and outer core 33
liquid iron, reacts with mantle silicate in 

Layer D″ 33
core complexes

formation of, Woodlark Rift 206
metamorphic 167, 169, 170, 358
oceanic 138

core–mantle boundary 21, 30, 33, 395
low velocity regions at 394
origination of some plumes at 399–400
possibility that heat fl ux is nonuniform 

76–7
Côte d’Ivoire–Ghana marginal ridge

evidence of folding and faulting 
associated with dextral motion 
231–2

formation of pull-apart basins 232
cratonic mantle lithosphere, general 

characteristics 349–50
faster seismic velocity 349

cratonic nucleii, formation of 347
cratonic roots 347, 364

cool, when reached current 
thickness 348

distinctive composition 351
kept thin by convective heat transfer from 

underlying mantle 348
modifi cation by terrane collision and 

thickening 352
opinions divided on construction 

methods 351–2
other processes contributing to root 

formation 351–2
Proterozoic evolution 364
subduction zone mechanism for 352, 353

Cretaceous Superplume 106–7, 107
acceptance not universal 107
creation of numerous seamounts/ocean 

plateaux W Pacifi c 106, 171
crust 22–7, 78, 185, 188, 188

Archean 347
model of evolution 355, 355
modern analogues 354

backarc, in oceanic settings, generation 
of 281–4

changes in stress by normal 
faulting 185

continental and oceanic, differences 
between 29–30

depressed, downwellings produce regional 
subsidence 395

overthickened, gravitational collapse 
of 321

Proterozoic, general geology 361–3
appearance of evaporites and red bed 

deposits 361
Grenville provinces/belts 361, 370, 371, 

372
highly deformed regions, two 

types 361
orogens with large ductile thrust 

zones 361, 362
quartzite-carbonate-shale 

sequences 361
refl ects stabilization of Precambrian 

crust 361
thickened by overplating and 

underplating 273–4, 274
see also continental crust; oceanic crust

crust and mantle rheology 33–42
brittle deformation 34–6
deformation in the mantle 41–2
ductile deformation 36–7
lithospheric strength profi les 37, 39
measuring continental deformation 39, 

41
strain (elastic limit and yield stress) 34
stress (deviatoric, differential, 

principal) 34, 176, 177, 401
crustal accretion

backarc and mid-ocean ridge settings, 
differences 285

Lau basin 282–3, 283, 284
slow-spreading ridges 144

crustal thickening 192, 322, 326, 345
crystal fractionation 416

D″ layer 31, 33, 106, 395–6
acts as thermochemical boundary 

layer 398
marked lateral and vertical variations 

within 395–6
as mechanical boundary for mantle 

convection 41
nature of, three different regions 395–6, 

396
ultra-low velocity zones (ULVZ) 395, 396, 

398, 398, 399
Dead Sea Transform 241

Arava Fault, seismic and refraction 
data 214, 224, 225

extension not dominant in shaping deep 
structure 224

forms part of Arabian–Nubian plate 
boundary 224, 225

Moho only slightly elevated 224
narrow zone of deformation 211, 214

Deccan Traps 101, 101, 102, 171
décollement 227, 264, 266, 267
decompression melting 172, 173, 

202, 345
deep sea cores, paleomagnetic investigations 

of 81
correlation with results from lava 

fl ows 81
Deep Sea Drilling Program (DSDP) Leg 3, 

designed to test sea fl oor spreading 
hypothesis 83, 84

deformation 246
at plate margins 92
brittle 34–6
continuous vs. discontinuous 232–9

accommodation of motion 232
determining degree of, problems 

233
model sensitivities 236–9
models involving continuous velocity 

fi elds 232–3
regional velocity fi elds 232
relative plate motions and surface 

velocity fi elds 233–6
rigid block models 233

contractional, 264–70, 304–6
see also fold and thrust belts

creep 34
ductile 36–7
extensional 92, 154
intra-plate 92
mantle 41–2
plate-tectonic style 238–9
and stress 34
strike-slip, accommodation of 

strain 241
weak and strong crust models 

225, 241
see also continental deformation

deformation front, accretionary prisms 264, 
265

dehydration embrittlement 257–8
delamination

of a dense eclogite root 354
of thick ocean crust, Early Archean 355, 

355
Denali Fault 339
desert deposits 61
destructive plate margins 92, 94

ancient 112
deviatoric tensional stress, and rift 

initiation 176, 177
diamonds, and kimberlites 419–20
diapiric models 358, 359

problems with 361
dispersal barriers 62–3
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dome-and-keel provinces 356–8
Eastern Pilbara craton, Australia 356–8, 

356, 357
felsic volcanism 358
horizontal tectonic models for 358–9
Mt. Edgar Dome and granitic 

complex 357, 357
nine granite domes with TTG 

granitoid remnants 356
preservation of stromatolites 358
shear zones and ring faults 358
synclinal tracts of greenstone between 

granitoid domes 356, 358
three-stage diapiric model 359, 359

downgoing slab
earthquake activity associated with 254–9

(a) fl exural bending of the 
lithosphere 254–5, 256

(b) earthquakes generated by thrust 
faulting 255, 255, 256, 257

(c) in the Benioff zone 257–8, 257
(d) sudden phase change from olivine 

to spinel structure 
(transformational/anticrack 
faulting) 255, 258

deep earthquakes, triggering of 
257–8

no relationship between age and 
mantle penetration 259

principal stress directions of (c) and 
(d) 258–9, 258

stress type and resistance during 
descent 259, 259

downgoing slab, thermal structure of 259–
62

controlling factors 260–2
adiabatic heating 261
age and thickness of descending 

slab 260
conduction of heat into slab from 

asthenosphere 260
frictional heating of upper and lower 

surfaces 260
latent heat associated with phase 

transitions of minerals 261
rate of subduction 260

ductile deformation 36–7, 186, 187, 189, 
239, 244

by slow fl ow or creep in the solid 
state 36, 233

diffusion creep 36, 41, 185
Coble creep 36
Nabarro–Herring creep 36, 38

Lalla Rookh–Western Shaw structural 
corridor 356, 358

plastic fl ow, occurs by dislocation 
glide 36, 37

power-law creep (dislocation creep) 39, 
41, 51, 185

dislocation climb 36, 38

dynamic recrystallization 36
superplastic creep 36–7

ductile extrusion 327–8
ductile fl ow, and vertical decoupling of 

lithosphere 327
ductile shear zones 233

Earth 398
climate and changes in oceanic 

circulation 406–11
infl uence of plate tectonic 

processes 412
early phase of melting and 

differentiation 52
heat fl ow through unit area of surface 52
possible origins of the magnetic fi eld 77
secular cooling of 364

Earth, composition of 21–2
estimates can be made from 

meteorites 22
formation 21
mean atomic weight 22
probable composition 22, 22
radioactive decay during early 

history 52
and rheological layering 52

Earth, velocity structure 19–21
built up by recording body wave travel 

times 21
Conrad, discovery of further 

discontinuity 19, 20, 21
discovery of Moho 19
Gutenberg discontinuity 21
knowledge of internal layering 19
low velocity zone (LVZ) 21, 50
velocities increase abruptly at the 

Moho 21
earthquake distribution 92–4

epicenters of large magnitude 
earthquakes 92, 93

earthquake focal mechanism (fault plane) 
solutions 12–14

Aleutian arc 256, 257
ambiguity in 14–17, 14

identifi cation of different types of 
faulting 16–17

P wave radiation pattern, types I and II 
source mechanism 17, 17

S wave radiation pattern, type I 
source 17, 17

S wave radiation pattern, type II 
source 17, 17

solution of a normal fault 16, 16
solution of a thrust fault 15, 15
use of Anderson’s theory of 

faulting 16, 35, 35
Basin and Range 163, 234
earthquakes occurring on plate 

interfaces 97
fault planes and auxiliary planes 12, 13

Himalayan–Tibetan orogen, faulting 
style 312, 313, 316

nodal planes 13, 13, 14, 15, 15
obtaining a focal mechanism solution 13–

14, 13, 14
show South American plate in 

compression 289, 290
Transverse Ranges, S. California 219, 220

earthquake hypocenters
beneath Wetar Strait and Banda arc 330
distribution with depth, central 

Andes 289, 291
earthquake location 11–12
earthquake seismology 10–19

earthquake descriptors 10
mechanism of earthquakes 12
seismic tomography 17–19
seismic waves 10–11

earthquakes
shallow focus 93–4, 93

and ocean ridge topography 122, 122
and structure of subduction zones 

252–9
East African Rift system 153, 175

continental fl ood basalts 101, 101, 153, 
154

domal uplifts and pervasive 
volcanism 159

Eastern branch
central and northern Kenya, rifts 

slightly more evolved 154, 202
change of orientation 177–8
imaging upper mantle beneath 175–6, 

176
Kenya Rift, shallowing of 

asthenosphere–lithosphere 
boundary 203

magmas derived from at least two 
mantle sources 174

Tanzania, effects of pre-existing 
weaknesses on geometry of 
rifting 154, 202, 203

lakes of 413
low velocity anomaly, Adama Rift 

Basin 159, 160, 161
narrow intracontinental rifts 154, 155
occurrence of continuum of mafi c 

rocks 172, 173
rift–rifted margin transition 154, 202–4
see also Main Ethiopian Rift

East Pacifi c Rise 138
black smokers and white smokers 413
compositional variation of basalts 140
fast spreading rate 122, 122, 128
horst and graben topography 123
hydrothermal vent fi elds 131
magma chamber 145

only short lengths of pure melt 133
region with high melt fraction very 

small 132
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studies show evidence for top at 
varying levels 131–2

use of multi-channel expanded spread 
refl ection profi ling 132, 132

MELT experiment 127–8, 128
multi-fault zones 148–9
segmented by non-transform ridge 

discontinuities 134–5
seismic refraction experiments 125, 125

Easter–Line Islands track 99, 102
Eastern California Shear Zone 212, 226, 

238, 242
Eastern Pilbara craton, Australia 356–8, 356, 

357
development of Warrawoona Greenstone 

Belt 358, 360
dome-and-keel structural style 

explained 358–61
horizontal tectonic models 358–9, 360
vertical tectonic models 358, 359

eclogite 275, 276
appears to be present in cratonic 

lithosphere 350
Phanerozoic 366–7, 369
in situ, oldest examples 368

economic geology 412–22
autochthonous and allochthonous 

mineral deposits 413–20
deposits classifi ed according to plate 

tectonic processes 412
deposits related to climate 421–2
deposits of sedimentary basins 420–1
geothermal power 422

edge force mechanism 391–3, 391
consistent with pattern of intraplate 

stress 392
more acceptable thermodynamically 392
plates move in response to edge 

forces 392, 392
reconcilable with present plate 

motions 392
ridge-push force 392
slab-pull force 392
trench suction force 392

El Salvador Fault Zone, features common to 
extensional step-overs 214–15, 217

Cocos–Caribbean plate convergence 215, 
217

Río Lempa pull-apart basin 215, 217
elastic deformation 10
elastic locking depth concept 238
elastic materials, strain and Hooke’s law 34
elastic rebound theory, and earthquakes 12, 

12
environmental change 405–12

changes in oceanic circulation and Earth’s 
climate 406–11

changes in sea level and seawater 
chemistry 405–6

land areas and climate 411–12

epicenter 10, 10
epicentral angle 10, 10
Etendeka fl ood basalts 101, 101
Ethiopia, area of occurrence of most large 

earthquakes 155, 157
Ethiopian fl ood basalts 101, 158, 171, 172, 

172
Ethiopian Plateau

uplift and anomalously hot 
asthenosphere 172

volcanism coincided with opening of Red 
Sea and Gulf of Aden 158

European Alps 287, 306
evaporites 61, 422
expanding Earth hypothesis 380–2

calculation of ancient moment of inertia 
of Earth 381

calculation of ancient radius of 
Earth 382

Falkland–Agulhas Fracture Zone 90
Famatina arc terrane 375, 376
Farallon Plate 119, 120

subducted and sinking 395
fast-spreading ridges 122, 122, 135, 140

axial high and magma chamber 
below 141

brittle–ductile transition 145
development of melt lens at 133, 134
fi rst order segmentations 135
magma supply rate 141
origin of oceanic crust at 142–4
second order segmentations 135

create off-axis scars on spreading 
crust 135, 137

third and fourth order segmentations 
short-lived 135

faulting
normal 35, 141, 155
oblique-slip 220–23, 228
strike-slip 35, 211, see also strike-slip fault 

styles
thrust 35, 263, see also fold and thrust 

belts
Fennoscandia, illustrating isostatic 

rebound 45, 46
ferromanganese nodules/encrustations 413, 

415
Finnmarkian Orogeny 376
fi xed hotspots hypothesis 102, 103
Flemish Cap 200–1, 200

continental crust, formed during 
Mesozoic rifting 200, 201

Galicia Bank, transition zone 200, 201
Newfoundland margin lacks a transition 

zone 200
strong regional west-dipping S-type 

refl ection 200, 201
fl exural backstripping 199, 199
fl exural bulge 251, 252, 254–5

fl uid fl ow and changes in pore fl uid 
pressure, importance in accretionary 
prisms 267–9

fold mountain belts
continuity of and continental drift 58, 59
young, distribution of 3, 3

fold and thrust belts 264
foreland 292, 293, 302
Himalayan 315, 318–19, 327
thick- and thin-skinned 292, 293

forearc basins 251, 267, 332, 333, 334
forebulge 302, 313
foreland basins, formation of 302, 316

fl exure of continental craton 302
foreland fold and thrust belts 293, 302–3

piggyback basins 303
foreland fold-thrust belts, modes of 

shortening 304–6
Andes, differences of style/mode along-

strike 305–6
thermomechanical experiments 305–6, 

305
underthrusting of the shield 306

central Andes, contractional 
deformation 304

creation of doubly vergent thrust 
wedges 243, 293, 304

décollement (detachment) surfaces 304
dipping towards hinterland 293, 296, 

304
lateral growth of thrust wedges 304
pure shear mode 304
simple shear mode 304–5
in thin-skinned and thick-skinned 

belts 293, 304
fractionation 173
fracture zones 112, 135

interpretation as large scale strike-slip 
faults 86

Mid-Atlantic Ridge, focal mechanism 
solutions for earthquakes occurring 
near 88, 88

oceanic 148–51
dredging, rocks recovered 149
leaky transform faults 150, 151
major, transverse ridges associated 

with 150, 151
mark both active transform segment 

and trace 148
strong and weak portions 151
ultramafi c intrusions probably contain 

minerals 419

Gakkel Ridge
crust serpentinized and tectonized mantle 

peridotite 144
high levels of hydrothermal activity at 

certain locations 131
lack of correlation with spreading 

rate 140–1
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Gakkel Ridge (cont’d)
long-lived spreading event, magma 

derived from mantle depths 133
marked along-axis contrast in magma 

supply 142
segmentation of 136
ultraslow eastern sector, large volcanic 

centers 142
ultraslow spreading rate 123, 124

Galapagos Islands 399
evidence for ridge propagation 

mechanism 147, 147
Galapagos Rift, hydrothermal 

circulation 130
Ganga foreland basin 312, 316
Geikie, A., “the present is the key to the 

past” 2
geodynamo

can exist in either of two states 76–7
mathematical formulation of not 

possible 75
numerical modeling 75–6

geomagnetic fi eld 21
generated in outer core 33, 75
no general theory of origin 75
past and present 66–7

believed to originate through 
magnetohydrodynamics 66, 75

computing apparent location of the 
paleopole 66–7

progressive changes with time, secular 
variation 66

remanent magnetization directions 67, 
372

geomagnetic polarity timescale
for past 160 Ma 83–4, 85
Plio-Pleistocene 79, 80

geomagnetic reversals 74–7
by mid 1960s concept widely accepted 75
estimated frequency over last 160 Ma 77
low during plume episode 107
occurred at variable rates in past 76, 77, 

85
timescales 79, 80, 81

geosynclinal theory 7–8
geothermal power 422
glacial deposits 61
glaciation, global, Late Proterozoic 372
global cooling

around Miocene–Pliocene boundary 410, 
412

not associated with decrease in 
volcanism 107, 412

Global (Digital) Seismograph Network 
(GSN) 11

gneiss domes 314
Gondwana 370

accretion of terranes 376
Grenville belt traceable through 372
reconstruction 57–8, 58

GPS (Global Positioning System) data, 
measuring plate movement 97

GPS satellite measurements 39
Grampian Orogeny 376
granite, fi rst appearance in geologic 

record 362
granite bodies, mineralization associated 

with emplacement 419
granite-greenstone belts 350, 352–3

crustal structure 355–8
dome-and-keel provinces 356–8, 356, 

357
structural styles/outcrop patterns 307, 

314, 355–6
granodiorite 273
granulites 277
Greenhouse Earth 406

global cooling not associated with 
decrease in volcanism 107, 412

high levels of CO2 and enhanced volcanic 
activity 412

transition to Icehouse Earth 409
warm oceans led to formation of black 

shales 410
greenhouse effect, enhanced 106
greenhouse gases, atmospheric 

concentration of 106, 406
greenstone belts

Abitibi greenstone domain 352, 353
Archean

hosting volcanogenic massive 
sulfi des 419

nickel-sulfi des hosted by 
komatiites 419

greenschist facies metamorphism 350
stratigraphic groups

clastic sediments 350
intermediate and felsic rocks 350
tholeiitic and komatiitic lavas 350

Gulf Stream 406
and ice sheets in North Atlantic 

region 409
Gutenberg discontinuity 21

Hawaii 423
Hawaiian Islands fl ood basalts 171
Hawaiian–Emperor seamount chain 99, 99, 

102
change in direction 398
major bend 102, 103
may have migrated south 102

heat fl ow
backarc basins 279, 383
continental, from sources at shallow 

depth 384
high 159–61, 159, 161, 171, 279
and hydrothermal circulation 129–31
implications of 382–4

generally decreases with age of 
crust 383

global heat fl ow 383, 383, 384
ocean ridges 129–31

high heat fl ow associated with 383, 383
oceanic, most must originate at sub-

crustal levels 384
Precambrian 347–9
terrestrial 51–3

Heirtzler et al. long-term geomagnetic 
timescale 82, 83

extended back to 160 Ma 84
high-grade gneiss terranes, Archean 

cratons 350
high-Mg olivine and high-Mg 

orthopyroxene 351
possible mechanisms allowing segregation 

and accumulation 351, 352
Himalaya and Tibetan Plateau, general 

geology 312–16
active shortening north of the 

plateau 316
Bangong–Nujiang suture, and Qaidam 

Basin 307, 316
deformation at northern margin of 

Tibet 316
active strike-slip faults 316

forces contributing to present stress 
state 325, 326

a foreland-propagating fold-thrust 
system 313

Higher Himalaya 312–13
imbricated thrust slices

accommodate some post-collisional 
shortening 312

Main Boundary Thrust 312, 314, 324, 
325

Main Central Thrust 312, 314, 328
Main Frontal Thrust, carries rock 

South into fl exural foredeep 213
and major fault systems 312, 314, 315
merge downwards into décollement, 

Main Himalayan Thrust 313, 315
Sichuan Basin, relatively undeformed 316
South Tibetan Detachment System 313–

14, 314, 328
Tethyan zone gneiss domes, origin not 

well understood 314
Kangmar gneiss dome 314, 315

Transhimalayan zone, Gangdese 
batholith 309, 314, 315

see also Indus–Zangbo suture
Himalaya and Tibetan Plateau, general 

geology, deep structure 316–18, 317
below Himalaya, crustal décollement 316
central Tibet, deformation below 

Bangong–Nujiang suture 315, 317
Moho

areas of shallowing 317, 318
below Himalaya 315, 316

south of Bangong–Nujiang suture, 
downwelling of lithosphere 318, 319
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Tibetan Plateau, studied as part of 
INDEPTH project 315, 316–18

underthrusting of Indian lithosphere 318
Himalayan–Alpine system 306
Himalayan–Tibetan orogen 287, 306, 307, 

312–16
built on collage of exotic material welded 

to Eurasian Plate 309
mechanisms of continental collision 318–

30
continental underthrusting 319
indentation, lateral escape and 

gravitational collapse 319–26
lower crustal fl ow and ductile 

extrusion 326–30
precollisional history 318–19

relative plate motions and collisional 
history 306–9

composite belt evolved since the 
Paleozoic 306, 378

new subduction zone beneath 
Lhasa 308, 309

results of fi nite element model 324, 325, 
326

simulation of deformation of Asia, 
continuum models 321–2

surface velocity fi elds and seismicity 309–
12

accommodation of convergence 310, 
312

deformation within Tibetan plateau 
and margins 307, 310

lateral escape eastward 310, 311
northward motion a series of irregular 

steps 311
penetration of India into Asia 

309–10
style of active faulting in 310, 312, 313

Tibet 326
extension may result from gravitational 

buoyancy forces 321
Longmen Shan region, accommodation 

of lateral crustal motion 311, 327
see also India–Eurasia collision

Himalayan-type orogens 92, 209, 287
Holmes, A., mechanism of continental 

movement 5, 6
hotspots 99–103, 401

and absolute motion of plates 98–9, 98
criteria for distinguishing primary 

hotspots 101, 399, 400
distribution 100
fi xed hotspots hypothesis 102, 103
island chains 99

possible explanation of origin 100
lack similarity 100
and Large Igneous Provinces (LIPs) 100–

1, 101
models of hot, low viscosity plumes 399, 

400

oceanic intra-plate activity, linear island 
and seamount chains 99–100, 99

partial melt entrained from ULVZ 399
predicted traces in Atlantic and Indian 

oceans 101, 102
and rise in sea level 405
secondary plumes, on south Pacifi c 

superswell 400
three types in terms of depth of 

origin 399
hydrothermal circulation 28, 129–31
hydrothermal processes 413
hydrothermal vent fi elds 131

Iapetus Ocean, opening up 376, 376
Icehouse Earth 406

transition to, Eocene–Oligocene 
boundary 409, 410

Iceland 423
Iceland hotspot 101, 103, 399

initiation and track 102–3, 104
igneous provinces 59, 60
igneous rocks, compared, Archean and 

Proterozoic belts 362–3
incompatible elements 31, 174, 350
indentation 319–23

continuum models 321
evolution of indentation model 320–1
indentation experiments 319–20, 320

development of pull-apart basins 320, 
320

lateral extrusion, resulting 
extension 320, 320

India–Eurasia collision 306–7
deformation extended deep into 

Eurasia 318
exposures of ultra-high pressure (UHP) 

minerals 308
Indian Plate

accommodation of underthrusting 319
formation of Himalayan fold and 

thrust belt 318–19
mechanisms assisting 

underthrusting 317, 319
resisted shortening during collision 318
underthrust Tibet 318

main collision preceded by smaller 
collisions 308

collisions marked by suture zones 307, 
308

main terranes and sutures 308–9
possible timing of initial collision 307–8
reconstruction of paleolatitude of Indian 

plate 307, 308
Indo-Australian plate, oceanic lithosphere 

subducted northward at Java Trench 
330, 331

Indonesia, eastern, evidence of northward 
subduction of Indian oceanic 
lithosphere 330, 331

Indus–Zangbo suture 308, 309, 314–15, 
328

now forms southern boundary of Tibetan 
Plateau 309, 309

separates Indian Plate rocks from rocks 
of Lhasa terrane 314–15

intra-plate areas, relatively aseismic 94
intracratonic rifts, carbonate hosted 

lead-zinc-barite ores 413
island arc systems, general 

morphology 251–2, 252
forearc basin 251
forearc region 251, 264
general convexity of 251
typical of margins of shrinking 

oceans 251
island arcs

inner magmatic arc 251
large positive anomaly 252
mature, thicker crust 271
and melt ascent velocities 275
outer sedimentary arc 251
and remnant backarc, enclose a backarc 

basin 251–2
isostasy 6, 34, 42–8

Airy’s hypothesis 43, 43
fi rst recognized in 18th century 

42, 42
fl exure of the lithosphere 44–5

elastic response to loading 44, 44
fl exural isostasy 45
oceanic lithosphere when loaded by a 

seamount 45, 45
over time may act in a viscoelastic 

manner 44
realistic models involve regional 

compensation 44
isostatic rebound 45–6

controlled by viscosity of 
asthenosphere 45

illustrated by Fennoscandia 45, 46
rate provides estimate for viscosity of 

upper mantle 45–6
Pratt’s hypothesis 43–4

mechanism of isostatic 
compensation 43

presence of subsurface compensation 
confi rmed 42, 42

principle of 42–3
tests of 46–8

forward modeling 46
free air, Bouguer and Airy isostatic 

anomalies 47
gravity anomalies 46–7
more sophisticated test 47

Ivory Coast–Ghana margin 231–2
formation 231
main phases of evolution 231, 232
narrow continent–continent transition 

zones 231, 231
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Ivory Coast–Ghana margin (cont’d)
represents a fossil margin 231
see also Côte d’Ivoire–Ghana marginal 

ridge
Izu–Bonin–Mariana arc system 260

magma, compositional trends along arc 
axis 271, 272

Japan arc, thermal model for subduction 
zone 257, 258

Japanese island arc system, compositional 
trend apparent 271

Juan de Fuca Ridge 74, 147

Kaapvaal craton 364
inventory of mantle xenoliths 350

Karoo fl ood basalts 171
Kenya Dome 158, 172, 175
Kenya Rift, shallowing and increase of 

magmatic activity 203
Kenya, southern, magma source 174, 

175
Kenyan fl ood basalts 171–2
Kerguelan Plateau 171, 171, 172
kimberlite pipes 30, 419
kimberlites 419–20
komatiites 350, 352

formation of 353–4, 353

Lachlan orogen 287
growth by magma addition and 

sedimentation 342, 343, 344, 344
types of base and precious metals 

formed/preserved 419
orogenic gold mineralization 419

land areas and climate 411–12
albedo of land depends on vegetative 

cover type 411
global cooling near Miocene–Pliocene 

boundary 412
ice/snow cover has high albedo 411
land and sea breezes 411
monsoonal climates 411
uplift of Tibetan Plateau 411–12
weathering of carbonates and 

silicates 411, 412
Large Igneous Provinces (LIPs) 100–1, 101, 

171–2, 171, 412–13
mafi c magma, large outpourings

environmental consequences of 
eruption 172

mantle source needed 172
not all are associated with zones of 

extension 171
oceanic plateaux within oceanic 

plates 171, 171
some continental fl ood volcanics form 

quickly 172
submarine plateaux, formation of 172
within continental plates 171, 171

lateritic deposits, as source of nickel 421
Lau basin, model of crustal accretion 

for 282–3
Central Lau spreading ridge 283
East Lau spreading ridge, diminished melt 

supply 283
region of enhanced melting 282–3, 

283
region of hydrated mantle 282, 284
roll-back of Pacifi c slab beneath Tonga 

trench 282, 284
spreading centers 282, 283

Laurasia, supported varied tropical fl ora 63, 
63

Laurentia 370
accretion of terranes 376
Apparent Polar Wander path, used as 

reference path 372
rifted away from South America and 

Baltica 376, 376
Laurussia 370
lawsonite 275
leucogabbro 350
leucogranite 313
Liquiñe–Ofqui Fault, Chile 97
lithosphere 44, 48–51, 184, 185

Archean, formation of 348, 351–5
granite-greenstone belts 352–3

best thought of as a viscoelastic 
layer 51

brittle upper layer 51
deforming 96, 97
elastic thickness (Te) 50–1

overestimates of Te 51
existence of large lateral movements 74, 

86
horizontal force required for 

rupturing 176
layer deforming by plastic fl ow 51
lithospheric cooling

GDH1 model 129, 129–30, 130
half space model 129, 130
plate model 129, 130

lowest part deforms by power-law 
creep 51

rheological stratifi cation of 37, 39, 40, 
188–92

seismogenic thickness 51
thin beneath ocean ridges 49
underlain by asthenosphere 49
vertical decoupling due to ductile 

fl ow 327
see also oceanic lithosphere

lithosphere–asthenosphere boundary 178, 
328

controlled by temperature 129
defi ning location of 349
rising beneath a rift 202
shallowing of and increase of magmatic 

activity 203

lithosphere–asthenosphere interactions, 
crucial component of rift 
systems 192

lithosphere–asthenosphere interface, not 
sharply defi ned 50

lithospheric fl exure 34, 44–5, 50–1, 183–4
border faults 183, 183, 184
defl ection of crust by slip on normal 

faults 184
and fl exural isostatic compensation 184
formation of large-magnitude normal 

faults 184
plate fl exure 183–4

strong plates and weak plates 184
and sediment thickness in foreland 

basins 302
lithospheric mantle, progressive decrease in 

degree of depletion since 
Archean 364, 364

lithospheric strength profi les 37, 39
continental lithosphere, potential 

effects of water on layer strength 
39, 40

may be characterized by “jelly sandwich” 
rheological layering 37

through oceanic and continental 
lithosphere 40

lithospheric strengthening 178
lithospheric stretching 179–81

crustal thinning or necking 179, 191
heat advection 179
high strain rates tend to localize 

strain 179
thermal and mechanical effects, different 

strain rates 179, 180, 181
divisions of lithosphere 179, 180

lithospheric thinning, in backarc 
regions 340

lithospheric weakening 178
strain-induced 194–8

Lofoten–Vesterålen continental margin 193, 
194, 195

crustal structure shows moderate 
extension 193

Louisville Ridge 99, 102
Love waves 10, 11, 18
low velocity zone (LVZ) 21, 50
lower crustal fl ow and ductile 

extrusion 326–30
thermomechanical models 327–8, 329

mafi c dike swarms
emplacement into Archean cratons and 

cover rocks 362–3
MacKenzie dike swarm 362–3

magma chambers 140
abundance of volatiles in uppermost 

part 143–4
deep, plutonic rocks crystallized residua 

of 272
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melt lens development, fast-spreading 
ridges 133, 134

model for slow-spreading ridges 133, 134
magma composition, infl uenced by local 

conditions 271
magma underplating 345
magmatic arcs, accreted material 264
magmatic terranes 335
magmatism

generation of ore minerals 413
mafi c 172, 362–3

and initiation of rifting 192, 413
large pulses affecting cratonic 

roots 351
mafi c and ultramafi c 416
plume-related, and assembly of 

supercontinents 403
weakens lithosphere and causes strain 

localization 192
see also volcanic activity

magnetic anomalies 73, 112
linear anomalies, development over ocean 

crust 81, 83
marine 73–4

Juan de Fuca ridge 74, 76
juxtaposition of large positive and 

negative anomalies 73
offset along fracture zones 86
used to date oceanic lithosphere 79

profi le and model over southern 
Mid-Atlantic Ridge 82

magnetic anomaly pattern, variation 
79, 79

magnetic domains 65
magnetic fi elds, generation of 65
magnetic lineations 78, 78, 84, 112, 281

interrupted at major fracture zones 73, 
73

shown on magnetic maps before true 
signifi cance realized 78

source probably in basaltic oceanic 
layer 2 73–4

symmetrical about ridge axes 73, 75
magnetic profi les close to mid-ocean ridge 

crestal regions 81, 81, 82, 82
magnetostratigraphy 79–84

ocean magnetic anomalies used to date 
oceanic lithosphere 79

Main Ethiopian Rift
Afar Depression

border faults abandoned as magmatism 
accommodates extension 203

rift functioning as slow-spreading mid-
ocean ridge 203

Afar hotspot, Ethiopian fl ood basalts 101, 
172

broadening of low velocity zone 
consistent with propagation 160

extension across accommodated 
aseismically 155

earthquakes round volcanoes and 
fi ssures 156, 158

extension in central and southern 
part 203

Gulf of Aden, transition to slow-
spreading mid-ocean ridge 154, 203–
4

high-angle border faults, chains of 
volcanic centers 203, 203

localization of magmatism and 
faulting 203, 203

low velocity anomaly, Adama Rift 
Basin 159, 160, 161

northern
faults and segmentation pattern 156
seismicity of rift segments 155–6, 157

mantle 30–3
composition 31

bulk mantle composition 31
extent 30
fi rst 3-D seismic velocity models 

for 393
low velocity zone 21, 31–2

molten material and lower seismic 
velocities 31–2, 49

partial melting 32
seismic effects 31–2

lower mantle 32–3
division into D′ and D″ layers 395
layer D″ often characterized by 

decrease in seismic velocity 33
more enriched in incompatible 

elements 31
onset of vertical upwelling, central 

Pacifi c and S Africa 41
partially molten material in 33
thermal and/or compositional 

heterogeneity 33
top, further zone of seismic anisotropy 

and horizontal fl ow, 41–2
variations in shear wave velocity 

small 393
melting to produce basaltic liquids 

beneath rifts 173, 174
seismic structure 30–1

lithosphere 30
low velocity zone 30
lowermost layer at core–mantle 

boundary, layer D″ 31
major discontinuity marks beginning 

of transition zone 30–1
ultra low velocity zone 31

transition zone 32
major velocity discontinuities, top and 

bottom 32
phase transformations, may defi ne 

upper and lower bounds 32
pressure/temperature conditions and 

olivine phase transformations 32, 32
upwelling beneath rifts 175–6

mantle, convection in 384–8, 395
convection process 384–6

convection in a fl uid 385, 385
convective fl ow in mantle, nature 

problematic 384–5
mantle heated from below and from 

within 385–6, 385
stabilization of convective pattern 386
without a lower thermal 

boundary 386, 386
evidence for 393–6

the D″ layer 395–6
seismic tomography 393–4
superswells 394–5

feasibility of 386–7
mantle convection cells 396–8
nature of 396–8

layer D″, as thermochemical boundary 
layer 398

plate mode, crucial in cooling the 
mantle 397

plate and plume modes, origins in 
thermal boundary layers 396–7

plume mode, releases heat from the 
core 397

stabilization of bottom of plume/
thermal upwelling 398

viscosity greater in lower mantle 397–8
upwellings

probably independent of 
supercontinent cycle 403

two major, centered on expanding 
rings of subduction zones 397

vertical extent of convection 387–8
infl uence of mantle transition 

zone 387–8
mantle, deformation in 41–2

diffusion creep
probably dominant mechanism 41

power-law (dislocation) creep 41
mantle drag

cellular convection 391, 391
dependent on asthenosphere velocity 389
needed for Phanerozoic plate 

motions 391
mantle lithosphere, thinning of 202

outpaces crustal thinning 203
mantle melt generation conditions 

354, 354
mantle plumes 196

ancient 351–2
ascent of buoyant mafi c material in 364
events through time, two types 403
and formation of komatiitic and tholeiitic 

basalt 354, 354
and hotspots 100
may form large ocean plateaux 172
may tap deep undegassed mantle 

sources 172
mantle rheology studies 41
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mantle transition zone
chemical reservoirs can be preserved 388
and convection in the mantle 387–8
may not be barrier to mantle-wide 

convection 388
numerically modeled in three 

dimensions 388
place where solid state phase changes 

occur 387
variations in seismic velocity small 393

Mariana arc system, underlain by thin 
crust 263, 271

Mariana forearc 265, 277
Mariana trench/trough 250

crustal thicknesses 281
lithospheric bending 255, 256
subduction zone 262, 263

Mariana volcanic arc, thin crust under active 
part 271

massive sulfi de deposits 413, 415–16
stratiform massive sulfi de deposits

Besshi-type deposits 417, 418
Kuroko-type ores 417, 418

Median Tectonic Line, SW Japan 97
Mediterranean Sea, isolated by growth in ice 

volume 409
mélange, a chaotic mixture of rocks 268
MELT (Mantle Electromagnetic and 

Tomography) experiment, East 
Pacifi c Rise 127–8, 128

Mendocino fracture zone 119, 120
Mendocino Triple Junction 212, 226, 228
mesosphere 51, 52
metallogenic provinces 60
metamorphic core complexes 167, 169, 170, 

358
metamorphism

at convergent margins 275–9
regional 276, 277

meteorites 22
microplates, in the southeast Pacifi c 147–8, 

148
tectonic elements of Juan Fernández 

microplate 148, 149
Mid-Atlantic Ridge 97, 140, 148, 391

alternative model of structure 125–6, 
127

hydrothermal vent fi elds 131
magma supply focused at segment 

centers 136, 138
possible model of structure beneath 125, 

126
segmentation 136

fi rst order defi ned by transform 
faults 136

second order defi ned by oblique offsets 
of ridge axis 136

third and fourth order 136
seismic refraction experiments 125, 126
slow spreading rate 122, 122

studies show low velocity zone in lower 
crust 132–3

thin crust, in vicinity of fracture 
zones 145

mid-ocean ridge basalts (MORB)
chemistry of, many alternatives 140
contain phenocrysts 140
xenocrysts of deep-level origin 140

mid-ocean ridges
accretionary processes at crests 144–5

brittle–ductile transition 145
creation of new mineral deposits 413
low velocities associated with 394
metalliferous deposits at ridge 

crests 131
uplift and expansion and contraction of 

upper mantle material 128–9
see also fast-spreading ridges; slow-

spreading ridges; ocean ridges
Middle America accretionary prism growth 

rate 267
Middle East, large proportion of 

hydrocarbon reserves located 
in 421

results from specifi c pattern of plate 
interactions 421

migmatite 313
proposed mechanisms of formation 277
textural term 277

mineral deposits, Proterozoic 419
mineralization

exhalative 413, 415
plate boundary-related tectonic 

settings 413, 414
Moho (Mohorovičić discontinuity) 294

in ancient accretionary orogens 340
marks crust–mantle boundary 19
offset by San Andreas Fault 226, 226
seismic Moho and petrologic 

Moho 144
velocities increase abruptly at 21

Mohr–Coulomb fracture criterion 267
Mount Diablo contractional step-over 216, 

218
mountain belts

collisional, intermediate and deep focus 
earthquakes 93

formation changes weathering rate at 
Earth’s surface 411

mountain building, major episode in 
Cenozoic 411–12

greatly increased physical and chemical 
weathering 411

Mt. Edgar Dome 356, 357
initial formation 358

Mt. Edgar Shear Zone 357, 358
accommodates horizontal extension 359, 

360
Murray Fracture Zone 119, 120

different offsets 74, 89–90

ridge jump implied 90
Muskox intrusion 363

Nankai Trough, large, active accretionary 
prism 264, 266

narrow rifts, general characteristics 153, 
155–61

asymmetric rift basins fl anked by normal 
faults 155

asymmetric half grabens 154, 155
segmentation of rift valley 155, 

156
syn-rift units 155, 156

and crustal buoyancy forces 181, 182
high heat fl ow and low velocity, low 

density upper mantle 159–61, 159, 
161

domal uplifts and pervasive 
volcanism 159

local crustal thinning modifi ed by 
magmatic activity 158, 159, 160

crustal thinning beneath main axis 
158

crustal velocity structure beneath 
Adama Rift Basin 158, 159

display short-wave positive Bouguer 
gravity anomalies 158, 160

gravity data provide evidence for 
modifi cation by magmatism 154, 
158, 160

high velocity lower crustal layer 158
shallow seismicity and regional 

stresses 155–6, 158
earthquakes concentrated round 

volcanoes and fi ssures 156, 158
earthquakes defi ne seismogenic 

layer 155
extension across Main Ethiopian Rift 

accommodated aseismically 155
seismicity pattern, northern Ethiopian 

Rift and fl anks 155–6, 157
natural hazards 422–3

earthquakes 422–3
common near plate boundaries and 

other zones of deformation 103, 
422

intra-plate regions 422–3
small magnitude, very common 422

large tidal waves or tsunamis 422
caused by earthquakes on faults 

displacing ocean fl oor 253, 422
eruptions of Santorini and 

Krakatoa 422
South Asia tsunami 422
Storega slide off Norway 422

volcanic eruptions 423
devastating mudfl ows 423
major, infrequent 423
nature depends on chemistry of 

magma 423
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nuées ardentes 423
quiet extrusion of low viscosity 

magma 423
natural remanent magnetization 65–6

intensity in oceanic basalts larger than 
induced magnetization 78

magnetic cleaning technique, isolates 
CRM, TRM and DRM 65–6

primary remanence 65
controls shapes of magnetic 

lineations 78
detrital remanent magnetization 

(DRM) 65
igneous rocks, thermoremanent 

magnetization (TRM) 65
secondary remanence, acquired 

through subsequent history of 
rocks 65

chemical remanent magnetism 
(CRM) 65

isothermal remanent magnetism 
(IRM) 65

viscous remanent magnetism 
(VRM) 65

Nazca plate, subduction under South 
America 281, 289, 294

lithospheric tear may occur 290
three-dimensional view of P10.1, 

289–90
negative buoyancy force (FNB) 389, 389
New Zealand

zone of deformation on Pacifi c plate 211, 
213, 239

see also Southern Alps, New Zealand
Noril’sk deposit, Siberia 416
North America, western, suspect 

terranes 337
North American Cordillera

ACCRETE marine seismic transect across 
Coast belt 338, 339

accretion of Insular Superterrane 339
Alexander and Wrangellia island arc 

terranes 339
deformation of continental interior 

339
accretion of Intermontane Superterrane 

337, 339
Baja–BC hypothesis 339
distribution and dispersal of terranes 

336
Southern Cordillera, structure where 

subduction occurs 338, 340
see also Canadian Cordillera

North Atlantic
acoustic stratigraphy 25, 26
suggested examples of transform 

faults 89, 89
North Atlantic fracture zone, thin mafi c 

crust 149–50
North Atlantic igneous province 103

Nusselt number (Nu), measures effi ciency of 
convection 387

obduction, of ophiolites 27–8, 342, 343
ocean basins

continued growth, contemporaneous 
mineralization at mid-ocean 
ridge 413

narrow, development of 413
new mineral deposits at mid-ocean 

ridge 413
ocean fl oor, dating of 84
ocean ridges 122–50

along-axis segmentation 133–40
adjacent segments, different mantle 

sources 139
along-axis variation of crustal 

structure 138, 139
formation of axial summit graben 138
magma supply focused at segment 

centers 136, 138
ridge axis discontinuities 139
use of swath-mapping systems 133–4

asthenosphere occurs at shallow depth 49
broad structure of upper mantle 

below 125–7
crest adjustment 112, 112
heat fl ow decreases to fl anking basins 

383
heat fl ow and hydrothermal 

circulation 129–31
GDH1 model, predicted heat fl ow 

values 129–30
large variations in heat fl ux measured 

in young crust 125, 130
mark diverging plate boundaries 92
model of petrological processes occurring 

at 142–4
extended to incorporate a magma 

chamber 145
origin of anomalous upper mantle 

beneath 127–8
petrology 140–1
propagating rifts and microplates 145–8

initiation of ridge propagation, cause 
not known 148

propagating rift model 145–7, 146
pseudofaults and failed rifts 146–7
ridge rotation model of spreading 

center adjustment 145, 146
second rift propagation model, and 

microplates 147–8
seawater circulation

through crust controls heat fl ow 
pattern 130–1

transports heat to surface 53
seismic evidence for axial magma 

chamber 131–3
shallow focus earthquake belt along 

crest 93–4, 93

shallow structure of the axial region 141–
2

spreading rates and magma supply 141
topography 122–3, 124

FAMOUS study of a median rift 
valley 123, 123

fast-spreading ridges 122, 122
gross morphology controlled by 

separation rate 122
slow spreading ridges (axial volcanic 

ridges) 122–3, 122
ultraslow spreading rates 123, 124

ocean trenches 7, 250–1, 264
depth

controlled by age of subducting 
lithosphere 250

reduced by subduction of aseismic 
ridges 251

large negative anomalies 252
and underthrusting oceanic 

lithosphere 250
seismic activity on 252, 253, 254, 254

ocean–continent convergence 287–302
central Andes 287–8, 288
conditions for orogenesis 297
mechanisms of noncollisional 

orogenesis 297–302
seismicity, plate motions and subduction 

geometry 289–91
shortening and orogenesis in the backarc 

environment 285
ocean–continent subduction zones 262, 263, 

264, 287
ocean–continent transition zone 193
oceanic circulation and Earth’s climate, 

changes in 406–11
continental drift gave rise to major 

changes 406, 407–8, 409
fi rst major build-up of ice in 

Antarctica 409
ocean basin confi guration affects 

transport of heat 406
oceanic core complexes 138
oceanic crust 7, 24–7

almost barren of radioactive isotopes 384
changes in net rate of formation 405
creation of 6, 106, 107
extension of ridge crests, amagmatic 

extension 138
internal layering 21, 24–7
in isostatic equilibrium with continental 

crust 24
lateral motion 7
layer 1 24–5

contourites 24
Pacifi c and Atlantic/Indian oceans 25
progressively thickens away from ocean 

ridges 25
layer 2 25, 142

igneous origin proved 25
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oceanic crust (cont’d)
model for confi rmed by seismic 

studies 143, 143
sublayers 26, 143

layer 3 26–7, 131
concept of predominantly gabbroic 

layer 27
gabbroic 144, 145
represents plutonic foundation of 

oceanic crust 26
sublayers 26, 27

“sealing age” 131
structure 24
velocity structure, comparison of 

investigations 24, 25
oceanic crust, metamorphism of 28–9

hydrothermal circulation
must modify chemistry of ocean 

crust 28
responsible for formation of important 

ore deposits 28
hydrothermal metamorphism, giving rise 

to greenschist facies 
assemblages 28–9, 29

seawater circulation occurs in upper part 
of crust 29

oceanic crust, origin of 142–5
model, petrological processes occurring at 

ocean ridges 142–4
buoyant ascent of hot asthenospheric 

material 142
oceanic lithosphere 290

base marked by strong decrease in shear 
wave velocity 349

behaves as a single rigid plate 39, 40
creation of, formation of ore bodies 

within 415, 416
depth of low velocity zone (LVZ) 49, 50, 

50
depth–age relationship 128–9, 151

cooling and contraction, half space, 
plate and GDH1 models 129, 130

elastic thickness 50
formation of layer 3 by crystallization of 

magma chamber(s) 27
layering confi rmed by sampling on 

Vema Fracture Zone 27
models

for formation of 131
for mineralization in 416, 417

oceans
dispersal barriers to certain animals 62–3
heat fl ow decreases from ocean ridge to 

fl anking basin 383
Okinawa Trough 417
Ontong Java Plateau 171, 171, 172
ophiolite complexes 143

economic deposits of chromite in 
plutonic areas 416

massive sulfi de complexes in 415–16, 416

oldest unequivocal examples Early 
Proterozoic 369

preserve ancient ocean fragments 208
ophiolites 27–8, 30, 314–15, 361

assemblages in Precambrian 
orogens 368–9

complete ophiolite sequence 27, 27
correlation with oceanic lithosphere 27
more than one type 28
obduction 27, 343

many different mechanisms 
proposed 28

may have occurred soon after 
creation 28

models of vary 342
oldest unequivocal examples Early 

Proterozoic 368–9
possible formation, forearc setting 28
in terms of sea fl oor spreading 144
usually occur in collisional orogens 27

orogenesis 287
arc–continent colllision, mechanisms 

of 330–2
continental collision, mechanisms 

of 318–30
continental underthrusting 319
indentation, lateral escape, and 

gravitational collapse 319–26
lower crustal fl ow and ductile 

extrusion 326–30
noncollisional, mechanisms of 297

interplate coupling at the trench 297, 
298

structure and rheology of the 
continental plate 299

orogenic belts 92, 287–345
orogenic plateaux, and very weak crust 296, 

316–18
orogenic processes, noncollisional, 

important boundary conditions, 
Andes 288, 288

orogens
accretionary 287, 309, 336–42
ancient 287
Andean-type (non-collisional) 277, 287
collisional 287

overlapping spreading centers (OSCs) 
134–5

possible evolutionary sequence 135
overriding plate resistance (RO) 389, 389
oxygen isotope values, coincident with 

Eocene–Oligocene boundary 409, 
410

P waves 10
arrive before S waves 11
fi rst seismic arrivals

at greater distance Pn 19
within 200 km Pg 19

in low velocity zone 21

Pacifi c Ocean
central 394, 395
northeastern, sea fl oor spreading around 

pole of rotation 111, 112
oceanic plates reducing in size 96–7

Pacifi c rim, higher than average velocities 
beneath 393

Pacifi c–Farallon plate boundary 147
paired metamorphic belts concept 277–8, 

278
interpretations attempted 279, 280
three pairs identifi ed in Japan 278, 278

infer direction of past subduction and 
plate motions 278–9, 279

paleobotany, shows pattern of continental 
fragmentation 63

paleoclimatology 60–1
continental reconstructions 61, 62
latitude major controlling factor of 

climate 60
paleolatitude indicators, important 61
paleomagnetism 64–71

apparent polar wander curves 67–8
natural remanent magnetism 65–6
paleogeographic reconstructions based 

on 68, 71, 407–8
past and present geomagnetic fi eld 66–7
rock magnetism 64–5

paleopoles 66–7
determination of location of 370

Paleotethys Ocean, opening of 377, 377
Paleozoic passive margin sequence, western 

USA 165, 166
Panama Isthmus, formation and 

intensifi cation of Gulf Stream 409
Pangea 3, 5, 370, 378, 401

fi nal assembly of 377–8, 378
fragmentation

accompanied by closure of oceans and 
collisions 307, 331, 378, 378

and adaptive radiation of reptiles 
63–4

expanding Earth hypothesis 381
heterogeneous 378

progressively rifting apart 406, 407–8, 
409

Cenozoic, Africa, India and Australia 
drifted north 409

early Cretaceous, Antarctica–Africa 
separation 407, 409

Early Triassic, possible surface ocean 
current pattern 406, 407

late Jurassic, “Tethyan Embayment” 
extended to west 406, 407, 409

mid-Cretaceous, North and South 
Atlantic gateway open 408, 409

mid-Oligocene, Southern Ocean circled 
Antarctica 408, 409

paramagnetic minerals 64–5
ferro-magnetic substances 65
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Parana Flood Basalts 101, 101
partial melting 128, 140, 173, 202, 355, 416

beneath arcs, driven by water 272–3
fractional crystallization, assimilation, 

magma mixing 173–4
high-degree 351
low degree can increase alkalinity away 

from trench 271
and low velocity zones beneath rifts 160–

1
magma differentiation as melt moves into 

crust 273
and melt extraction, buoyancy and 

chemical depletion 350
melt segregation from along grain 

boundaries 274–5
transport of melts 274–5
of the upper mantle 127–8, 128

passive continental margins
and formation of coal 421
see also continental margins, rifted

peridotite 350
high-degree partial melting of 351
serpentinized 26, 138, 144

perovskite 396
Peru–Chile trench 250, 289

seismicity nearly equal, fl at and steep slab 
segments 297

shallow dip of Benioff zone 262
strength of inter-plate coupling 297
summary of downdip stresses in Benioff 

zones 259, 260
Phanerozoic tectonic processes 363
phosphorites 61
Pilbara craton, Australia

differences between Eastern and Western 
parts 356, 361

Hamersley Basin 365, 368
rocks refl ect Precambrian 

stabilization 361
see also Eastern Pilbara craton, Australia

plate boundaries 93
trenches 92
unstable 113, 113
see also ocean ridges; transform faults

plate confi gurations, reconstructions of 84, 
86

plate margins
accretive/constructive 84, 92, 112, 122, 

264
destructive 92, 94, 112

plate motions, absolute 97–9, 98
defi ned in terms of NNR criterion by 

space geodesists 98, 154
model using hotspot information 

98, 98
other frames of reference not 

pursued 98–9
should specify lithosphere motion relative 

to lower mantle 97–8

plate motions, fi nite 110–13
Euler poles, jump to new location 110, 

111, 112
sea fl oor spreading, pole of rotation 

jumps 110, 111, 112
the three plate problem 110, 110

plate motions, relative 94–7, 228, 234, 306–9
changes in direction, adjustment of 

transform faults and ocean 
ridges 112

convergent boundaries, determining 
relative velocities 95

described making use of Euler’s 
theorem 94

determination of pole of relative motion 
for two plates 94–5, 94

direct measurements of 107–9
comparison of models REVEL and 

NUVEL-1A 109, 109
early determinations summarized 108
independent of plate tectonic 

models 109
older methods 107
review using space geodesy 

techniques 109
satellite laser ranging (SLR) 108
satellite radio positioning 

technique 108
very long baseline interferometry 

(VLBI) 108
global plate motions, more detailed 

analyses 95–6, 96
additional plate boundaries recognized 

95
measured using space geodesy 94
Pacifi c and North American plates 211, 

212, 233–6
prediction of directions/rates of 

spreading/subduction 84, 96–7, 96
and surface velocity speeds 233–6

plate tectonic mechanisms, early occurrence 
of 347

plate tectonics 8
driving mechanism of 390–3

edge-force mechanism/model 391–3, 
391

mantle drag mechanism/model 390, 391
implications of 405–27

economic geology 412–22
environmental change 405–12
natural hazards 422–3

mechanism of 380–403
Proterozoic 364–9

early tectonic models 362, 364–5
plates 7, 92

determining past relative positions 112
forces acting on 388–90

at subduction zones 389, 389
mantle drag force 389, 389
ridge push force FRP 388, 389

ridge resistance RR 388
relative movement takes place on 

asthenosphere 49
plumes 399–400

plume hypothesis controversial 399
primary 101, 399–400
and rise in sea level 405
secondary 400
see also mantle plumes; superplumes

Poisson’s ratio 24, 26, 154, 159
polarity chrons 79, 80
polarity reversals 67
porphyry copper

formed during continental collision 419
in oceanic island arcs 419
rare in Archean 419
in subduction zones 416–17

Precambrian heat fl ow 347–9
must have been greater than at 

present 347
possible heat loss mechanisms 348

Precambrian reconstruction, controversial 
and fl uid nature of 372

Precambrian tectonic processes 347
differences in inferred mechanism of heat 

loss 348–9
conventional view 348–9
more recent view 349

propagating rifts 134, 135
and microplates 145–8

Proterozoic Eon 347
Proterozoic tectonics 361–9

continental growth and craton 
stabilization 363–4

episodic crustal production, short 
pulses 363–4, 363

growth by magma addition and terrane 
accretion 364

many uncertainties remain 369
plate tectonics 364–9

pull-apart basins 211, 232, 320, 320
Dagg Basin 220, 221
Río Lempa pull-apart basin 215, 217

Purtuniq Complex (ophiolites), Trans-
Hudson orogen 369

push-ups, formed where intervening region 
compressed 211

Q zones 254
Q-factor 254
Qinling suture, coincides with rheologically 

weak crustal corridor 327
Queen Charlotte Fault 338, 339

radioactive isotopes 383–4
decay produces terrestrial heat 347

Rayleigh number(Ra), defi ned 386–7
Rayleigh waves 10, 11, 18
Red Sea, hot brine pools 419

and zinc-copper-lead sediments 413, 415
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red-beds 61
overlain by disseminated ores 413

remnant arcs, subsidence of 280
Reunion Island hotspot 101, 101

may have moved north 102
Reykjanes Ridge

larger volume of ductile crust 145
slow-spreading ridge, process of 

accretion 133
study centered on magmatically active 

axial volcanic ridge 133
Reynolds number (Re), defi ned 387
Rheic Ocean 376, 377
rheology, defi ned 33
Rhine Graben 153, 153
ridge propagation 90
ridge push force FRP 388, 389, 392
ridge resistance RR 388
ridge–axis discontinuities 135, 137
rift initiation 176–8

and deviatoric tensional stress 
176, 177

infl uence of pre-existing lithospheric 
weaknesses 177–8

and mechanism available to accommodate 
tension 176–7

lithospheric separation by diking 177, 
177

rift rocks, petrogenesis of 172–5
defi ning systematic compositional trends 

diffi cult 175
generation of lithospheric melts 

common 174
mafi c magmas may be affected by partial 

melting 173–4
mantle melting to produce basaltic 

liquids 173, 174
rift basalts 172, 174
trace elements and isotopic 

characteristics 173, 174
rift to rifted margin transition 202–6

East African Rift system 202–3
Woodlark Rift 204–6, 207

rifted continental margins 239, 241
rifted margins, evolution of 198–202

magma accretion, mantle exhumation 
and detachment faulting 200–2

post-rift subsidence and stretching 198–
200

amount of subsidence related to 
magnitude of stretching factor 
(β) 198–9

investigation of lithospheric-scale 
stretching factors 199

transition to sea fl oor spreading 200
rifted non-volcanic margins 196–8, 197

continentward-dipping refl ectors 196
may contain areas of exhumed 

serpentinized upper mantle 196
two end-member types 196, 197, 198

rifted volcanic margins 193–6
components of 193
high velocity lower crust, helps to 

dissipate thermal anomaly 193, 194, 
195

Lofoten–Vesterålen continental 
margin 193, 194, 195

main seismic facies of extrusive 
units 193, 196, 196

origin of enhanced igneous activity 
uncertain 196

wedges of seaward-dipping refl ectors 193
rifting

magma-assisted 192–3
isostatic elevation 192, 192
thermal model 192

see also narrow rifts; wide rifts
rifts

active, variability of 153
can accommodate extension without 

crustal thinning 192
comparison of mantle structure 

beneath 176
ductile shear zones 185
half-width 189, 190
lithospheric stretching in 179–81
low velocity zones beneath 160–1
mantle upwelling beneath 175–6

upwelling sublithospheric mantle 200
represent initial stage of continental 

breakup 153
strain localization in faults and shear 

zones, variability in 185
tectonically active 153

Rodinia 370–3, 371
beginning of assembly 372
break up 371, 372
effect of dispersal on past climates 372–3
large-scale magmatic events during 

assembly 403
Torsvik reconstruction 372, 373

Romanche Fracture Zone 231, 231
iron sulfi de concretions reported 

from 419

S waves 10–11
in low velocity zone 21

sagduction models 358
San Andreas Fault, California 224, 226–8

attempts to directly evaluate strength 
of 246, 247, 248

Big Bend region, strike-slip partitioned 
system 223

creeping vs. locked segments 246, 248
possibly locally reorienting regional 

stresses 246
resolution of problems, independent 

measurements needed 248
direct measurement of relative plate 

motion, early methods 108

displacement on fault mainly strike-
slip 163, 226

evolution of 119, 120
fault formed in heterogeneous 

lithosphere 226
joins Mendocino Triple Junction with 

Gulf of California 212, 226
locking depths 238
relative motion between Pacifi c and 

North American plates 233–6
accommodation by dextral slip 233
aseismic creep between locked 

segments 233
transfer of motion east of Sierra 

Nevada 234, 236
San Bernadino segment 238
segments, differing short-term mechanical 

behaviors 233
strain accommodation 233
time and method of formation 119, 224, 

226
velocity model indicates relatively low 

seismic velocities 226–7
San Andreas Fault Observatory at Depth 

(SAFOD) drilling program 247, 248
San Francisco Bay area

contractional step-overs
crustal shortening and topographic 

uplift related to 215–16
vertical crust motion associated 

with 216, 218
Mission Hills step-over 216

sea fl oor spreading 64, 73–84, 110, 111, 112, 
200, 406

concept conceived, mechanism 
proposed 6–7, 7

and continental drift 77–8
dating the ocean fl oor 84
direction not always constant 145
geomagnetic reversals 74–7
magnetic surveying method 73
magnetostratigraphy 79–84
marine magnetic anomalies 73–4
registers history of reversals of Earth’s 

magnetic fi eld (theory) 7
and rise in sea level 405
spreading rates varying with time 83, 83
symmetry about ridge axis 143
Vine–Matthews hypothesis 76–9

verifi cation of 79, 81
sea level

major change during ice ages 405
marine transgression and regression due 

to change in 405
worldwide increase, due to Cretaceous 

Superplume 106, 107, 405
seawater chemistry, changes in 8, 

405–6
due to variations of pCO2 in the air 406
variation in the Mg/Ca ratio 405–6, 405
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sediment subduction and subduction 
erosion 264

sedimentary basin deposits 420–1
fossil fuels found in 420–1
principal criteria for development of 

petroleum and gas 420–1
migration to oil traps 420
preservation of kerogens 420
tectonic control of reservoir 

location 420
sedimentary basins, compressional 302–5

basin inversion 302, 303
seismic anisotropy 41–2, 227–8

in D′′ layer 41, 394
mantle measurements yield information 

on pattern of fl ow 394
studies in upper mantle 394

seismic tomography 17–19, 126, 393–4
actual travel times of P and S waves 

used 17
areas underlain by anomalously low 

velocity mantle 393
cross sections through shear wave velocity 

model 394
global methods

great circle method 19, 19
single station confi guration 19

local methods
local inversion method 18–19, 18
teleseismic method 18, 18

normal procedure 18
provides information on 3-D mantle 

structure 393
surface waves, procedure more 

complex 17–18
used in investigation of the Tonga 

arc 254, 255
seismic waves 10–11

body waves 10–11
propagate by elastic deformation 10
surface waves 11

seismic zones, double, in subduction 
zones 257

serpentine mud volcanoes 265, 277
serpentinite 149

production of 265, 273
sedimentary, occurs in blueschist facies 

metamorphic belts 277
serpentinization 340
Sevier thrust belt 165, 166
Siberian fl ood basalts 171
Sichuan basin

topography to northwest anomalously 
high 327

virtually undeformed 316
slab resistance (RS) 389, 389
slab-pull forces FSP 392, 401

acting on subducting plate 275, 389, 389
Slave craton, fi nal assembly 365, 365

creation of Great Bear Magmatic arc 365

collision of Fort Simpson terrane 365
Hottah terrane formed as a magmatic 

arc 365
collision with craton 365, 367

P-wave velocity model, Hottah and Fort 
Simpson terranes 367

slow-spreading ridges 122–3, 122, 139, 
201–2

alternate phases of volcanic and tectonic 
extension 141

axial volcanic ridges, inner valley 
fl oor 141

bounding faults 141
complex magma chambers 140
extension by normal faulting 141
lower rate of magma supply 141
model for 133, 134
ultra-slow 123, 124, 142

see also Gakkel Ridge
upper brittle layer deforms by 

necking 145
very slow 144

axial volcanic ridges 142
magmatic segments 141–2

wider zone of crustal accretion 144
see also Mid-Atlantic Ridge; Reykjanes 

Ridge
South Africa

broad low velocity zone imaged in deep 
mantle 176

superswell 394, 400
several potential primary plumes near  

99, 397, 400
South America

Andean orogen 287–302
early Mesozoic extensional and backarc 

basins 284, 285
most occur without formation of 

basaltic basin fl oor 285
possible modern analogue, Bransfi eld 

basin 250, 285
earthquake focal mechanism 

solutions 289, 290
rifted from Africa 409

South American plate, tectonic 
domains 297, 298, 299

backarc-foreland domain
block rotations 294, 299
control of deformation 297
rheology of continental plate 297
variations in strength of inter-plate 

coupling 297
forearc domain 297, 298, 299

coupling across ocean–continent 
interface 297

results of modeling 298, 299
South Atlantic, rate of sea fl oor 

spreading 83, 84
South Pacifi c Superswell 128, 394

hotspots on 400

southeast Greenland volcanic margin 200
southern Africa 394, 395
Southern Alps, New Zealand 287, 306, 327

exhumation of deep crustal rocks on 
southeast side 243, 243

model predictions match many observed 
patterns 243, 244

Southern Ocean, opened up 408, 409
species diversity, controlled by continental 

drift 63–4, 64
step-overs 211, 215–16, 216, 234

characterized by pull-apart basins 211
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strike-slip faulting, and terrane 

dispersal 340
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