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Preface

This textbook provides a comprehensive overview of gravity integration and
inversion, which contributes to physical geodesy and geophysics, and it identifies
classical and modern topics for studying the Earth. It discusses both theoretical and
practical aspects, e.g., for the determination of a precise geoid model besides
presenting ample worked examples. Physical geodesy terminology is used
throughout the book. The unprecedented knowledge of the Earth’s gravity field and
its temporal variation are progressively capturing the attention of the geosciences
for many reasons. As a result of recent dedicated satellite missions, knowledge
of the global to regional gravity field has reached extraordinary levels of quality and
resolution. The modeling of the Earth’s mass distributions in the crust and its
interior, as well as the temporal changes/transports of such masses, is most
important in studying geodynamics. The enhanced knowledge of the 3D-layered
structure of the Earth will improve our capability to understand, monitor and predict
geophysical processes, which potentially threaten our technically developed soci-
ety. Today, thanks to the development of atomic clocks, the original idea of
A. Bjerhammar from 1975 of chronometric leveling for direct measurement of
geopotential differences is emerging as a fascinating new tool in geodetic and
geophysical applications.

The aim of this book is to provide students at the M.Sc and Ph.D. levels, as well
as researchers, basic and some in-depth knowledge about the current and recent
theory and application of gravity for geodesy and geophysics, as seen mainly from a
geodesist’s perspective and with an emphasize on theory. Physical geodesy is
treated rather generally, and a main goal is to provide the reader with a theory
(the KTH method) for determining “the 1-cm geoid” (including both geoid and
quasigeoid methods), while the geophysical applications of gravity are limited to
the determination of crustal depth and density contrast at the crust/mantle boundary,
and stress and viscosity in the upper mantle, as well as some simple examples of
how to estimate the mass and depth of some other large-mass structures in the Earth
from combinations of the geopotential, gravity, and gravity gradients. Temporal
changes of the gravity field are treated with emphasis on long-term trends, while
periodic changes are more sparsely utilized.



vi Preface

Another motivation behind this book is, to honour the centennial anniversary of,
and, to some extent, announce and revive some research ideas originating with the
deceased A. Bjerhammar (1917-2011) at the Royal Institute of Technology
(KTH) in Stockholm, Sweden. Bjerhammar is well-known for his research in
physical geodesy and geodetic studies on the Fennoscandia land-uplift phenomenon
and its relation to the regional gravity field and upper mantle viscosity in the region,
as well as for being a pioneer in developing a theory for linear adjustment of
erroneous observations using generalized matrix algebra. Unfortunately, much of
his research can only be found in disparate papers presented in various journals, at
conferences and as internal reports from KTH. As the first author of this book has
been a M.Sc and Ph.D. student of Bjerhammart from 1969 to 1975, his co-worker
until 1980, and his successor since 1984, this book to some extent sought to reflect
and further continue his research ideas, as well as on other ideas developed and
partly published in papers, etc.

The second author was a Ph.D. student at KTH during 2007-2011 and a postdoc
2011-2014, with the prime author as his supervisor on the determination of the
crustal depth and density contrast from Earth gravitational models using an isostatic
model as a specialty in his research. He currently performs multidisciplinary
research and is active in several directions, such as in geophysics, geodesy and land
surveying (applied geodesy). His main research interest is to develop and study
relations between geodesy and geophysics especially study on temporal changes
of the Earth’s gravity field and glacial isostatic adjustment.

Stockholm, Sweden Lars E. Sjoberg
March 2017 Mohammad Bagherbandi
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Chapter 1
Introduction

Abstract The task of this book is to convey some basic and in-depth knowledge on
the traditional and recent theory of gravity inversion and integration for applications
in geodesy and geophysics. The subject fields, physical geodesy and geophysics
including geodynamics with emphasis on gravity information, are briefly intro-
duced. Also the recent history of physical geodesy and gravimetric geophysics is
reviewed. It follows that satellite techniques are indispensable for global to regional
studies. The basic but important concepts of a geodetic reference system, frame and
datum are also defined with examples. The Geodetic Reference System 1980, a
versatile tool in most applications of gravity data, is presented in some detail.

Keywords Geoid - Reference system - Reference frame - Geodynamics

1.1 Contents of the Book

Chapter 2 provides the basic mathematics for this book. Here least squares theory,
coordinate systems, spherical and ellipsoidal harmonics, fundamental potential the-
ory and regularization of improperly posed problems and/or numerically singular
systems of equations are introduced. Chapter 3 reviews classic physical geodesy,
including its integral formulas, height systems and their determinations. Chapter 4
presents modern physical geodesy starting with the original concepts of M.S.
Molodensky. A major part of this chapter is a variety of modifying Stokes’ formula for
geoid computation by combing terrestrial gravity data and an Earth Gravitational
Model (EGM). Chapter 5 deals with the topographic, atmospheric and ellipsoidal
corrections needed in Stokes’ formula. Chapter 6 expresses and compares today’s
commonly used methods for modifying Stokes’ formulas for geoid and quasigeoid
determination: the Remove-Compute-Restore (RCR) and Least Squares Modification
of Stokes’ formula with Additive corrections (LSMSA) techniques. A number of
applied geoid projects with these techniques are also reported. In Chap. 7
the descriptions of several modern tools in physical geodesy are gathered. These
include quasigeoid determination, corrections from quasigeoid to geoid, combined

© Springer International Publishing AG 2017 1
L.E. Sjoberg and M. Bagherbandi, Gravity Inversion and Integration,
DOI 10.1007/978-3-319-50298-4_1



2 1 Introduction

geoid determination from gravimetric and geometric data, the determination of the
potential of the geoid, geoid determination by spectral combination of satellite, air-
borne and terrestrial gravity data, and, finally, it introduces a relativistic approach to
determine geopotential and height differences originating with Bjerhammar (1975).
Chapter 8 comprises methods for gravity inversion as well as analyses for temporal
changes of the gravity field.

1.2 The Subject Field

Gravity is a fundamental universal force. At the Earth’s surface, gravity (g) is on
average 9.81 m/s%, and it reduces with distance squared from the centre of the Earth
when moving into space. Due to the flattening of the Earth towards the poles,
gravity there is 0.5% greater than at the equator, and mass density variations inside
the planet and its topography cause additional regional variations. Gravity also
changes with time due to mass transport inside the Earth. Large, slow secular mass
motions caused by phenomena such as mantle convection and glacial isostatic
adjustment yield gravity changes on the order of a few parts in 10~ of g, while the
amplitudes of seasonal variations caused by the hydrological cycle on Earth are on
the same order of magnitude. Ocean tidal effects give rise to several periods with
greatest amplitudes for the daily tide that can reach more than 16 m in the Bay of
Fundy, Canada, while the body tide is considerably smaller. All these gravity
variations can be observed locally by accurate absolute and relative gravimeters,
and in particular by superconducting gravimeters, while recent satellite gravity
missions, such as the twin satellites of Gravity Recovery And Climate Experiment
(GRACE) and its follow-on mission, planned to be launched in 2017, enable
regional and global studies.

Physical geodesy and geophysics share the endeavour of using the Earth’s
gravity field as an indispensable observable in various geoscience studies and for a
variety of technical enterprises, e.g. in land and engineering surveying and con-
struction, hydrography, geophysical prospecting and mining. While the physical
geodesist is primarily interested in determining the Earth’s size and shape and
mapping the exterior gravity field, the geoid and the deflections of the vertical, the
geophysicist uses the gravity field to explore, explain and interpret various geo-
physical and geologic processes and internal mass structures of the Earth. Most of
such analyses require integration of gravity over the whole globe or at least over a
region. Today such analyses are frequently facilitated by the use of global EGMs,
usually determined by satellite data or from a combination with terrestrial gravity
data. The employment of satellite data at the Earth’s surface or in the Earth’s
interior implies some type of gravity inversion, and inverse problems are closely
related with improperly posed problems. Gravity inversion, i.e. to determine some
features/structures in the Earth’s interior by gravity, is an ambiguous operation, as
the solution for any such structure is not unique without additional information for
its solution. Already the downward continuation of satellite gravity data to the
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Earth’s surface is an inverse problem. More so when performing harmonic con-
tinuation of the gravity field from external space to the Earth’s interior, which
inevitably introduces a bias, as the gravity field is not harmonic inside the topo-
graphic masses, and this problem should be treated properly. In this way, the task to
determine the geoid, at least what concerns the continental geoid, shares with most
gravity related problems in geophysics being an inverse problem.

Among the variety of tools for exploring the Earth’s interior, gravity data is
comparatively cheap and easy to collect, traditionally by terrestrial observations but
today also regionally and globally by utilizing airborne and satellite gravity
missions.

While local applications are usually best treated in the spatial domain and the
integration and/or inversion processes are typically performed in flat earth
approximations, global studies gain from the long-wavelength EGMs expressed in
spherical harmonics, which leads to computations in the spectral domain.
Frequently the derivations of suitable integration and inversion formulas are con-
veniently utilized in the frequency domain, while the resulting formulas may or may
not be applied in the space domain as integral formulas or integral equations or as
combinations of spectral series and integral formulas. It is obvious that the data
provided by an EGM today yields long- to rather short-wavelength information
about the gravity field, while local details can only be achieved by dense terrestrial
gravity and gravity related data. The question how to combine such diverse data
sets for optimal solutions is essential, and various strategies are at hand. This is
particularly important in the case of utilizing emerging ultrahigh degree EGMs.

Since the advent of satellite geodesy in 1957, global models of the Earth’s
gravity field of reasonable quality could finally be determined from satellite orbit
tracking and by using advanced satellite sensors and inhomogeneously distributed
geodetic observatories around the world. The problem with this strategy for
resolving the global gravity field is that the satellite missions were not designed for
gravity field determination, leading to non-optimal solutions. Therefore, for the first
time, dedicated satellite gravity missions, launched about the last millennium shift,
made a giant step forward in determining the global gravity field accurately and
homogeneously in the low to medium wavelength bands. Then the question arises
whether such data, collected repeatedly for a longer period of time, can also be used
for studying the gravity changes with time. Starting with satellite laser ranging over
about 20 years, which records of data successfully detected the static and secular
change of the very long-wavelength gravity field, today the dedicated satellite
gravity mission GRACE has proved that space geodesy is capable of determining
not only the static gravity field from space to higher degrees of accuracy and
homogeneity, but, for the first time, temporal changes to higher degrees are reliably
determined down to a few degrees of resolution, enabling the estimation of various
causes of mass changes within the Earth system, of great importance in under-
standing Earth processes and climate change.

The Earth’s gravity field is a basic geophysical parameter that reflects the Earth’s
mass distribution and its changes with time. As the Earth is not a rigid body but is
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constantly changing under the influence of external and internal forces (such as
mantle convection, plate tectonics, sea level rise, etc.), the gravity field and its
changes with time are of great significance for studying various geodynamic and
geophysical processes.

The Earth’s temporal deformations can be divided into secular, periodic and
episodic (suddenly accelerating or decelerating) phenomena. Our knowledge about
the causes and effects of these deformations vary, and, as one example, frequently a
long periodic deformation is interpreted as a secular one. Some phenomena such as
Earth tide and post-glacial rebound have been observed systematically for long time
and are relatively well understood. Figure 1.1 illustrates major time variable gravity
field sources in terms of spatial resolution, and almost all of these sources can be
significantly sensed by the GRACE data. One can see the time and spatial extensions
and resolutions of each phenomenon, but it should be emphasized that, because of
limitations in the resolution of observations, not all but the majority of them can be
studied by the present GRACE data. As stated above, the temporal changes of gravity
are caused by secular, periodic and episodic phenomena, but frequently the causative
sources belong to two or all three types of phenomena. For example, mantle con-
vection, plate tectonics and Glacial Isostatic Adjustment (GIA) are typically secular
causes, while Earth and ocean tides appear both as static gravitational effects and as

Spatial resolution
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T T T T T

Global gravity

Static
Mantle convection
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Secular Earth rotation
Glacial isostatic adjustment
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Fig. 1.1 Time variable gravity field sources in terms of spatial resolution (Moritz 1980a)
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periodic signals at periods from decades to seconds, and earthquakes (usually fol-
lowed by regional tectonic deformations and tsunamis) are episodic. Therefore, the
geodetic measuring techniques relevant to studying such changes will differ. For
instance, to understand mantle convection and plate tectonics, the global gravity field
is a suitable observable, while for studying problems related to GIA gravity, also
vertical crustal motions and sea level changes are suggested sets of data.

Generally the Earth responds to deforming forces as a visco-elastic medium,
implying that the response is dependent on the temporal scale and spatial extension of
the deformation. See Fig. 1.1. For short periodic deformations, the Earth behaves as an
elastic medium, while for secular changes its responses are visco-elastic to viscous.

1.3 The Development of the Subject Field Before the Last
Millennium Shift

Geodesy as practiced by the ancient Greeks (geometric geodesy) belongs, together
with astronomy, to the oldest of the known sciences. In contrast to geometric
geodesy, physical geodesy and gravimetric geophysics are young sciences with
roots in Galileo Galilei’s (1564-1642) and Isaac Newton’s (1642—1727) funda-
mental discoveries in the gravity field, primarily learned through their experiments
with pendulums. Newton also predicted the geometric flattening of the Earth, which
was confirmed in the 1790s based on the results of the French grade measurement
expeditions to Lapland and Peru. Fortunately, the phenomenon of isostasy (see
below), which was not discovered until the end of the Great Trigonometrical
Survey in India (from 1802 to 1871), did not significantly affect the result. Only in
the late 1800s, when the gravimeter had been developed to useful accuracy, both in
theory and in the field, applied research were carried out. Nevertheless, theoretical
developments started early, and the most important formula in physical geodesy,
Stokes’ formula, was published by George Gabriel Stokes in 1849. However, as
geoid determination by Stokes’ formula requires that gravity data be integrated, in
principle, all over the Earth, the formula could not be used in practice for a long
time. Similar to most other applications of gravity in physical geodesy, extensive
gravity networks are needed, which is not possible to accomplish until general
gravity surveys have been conducted.

Similarly, many geophysical problems, such as those related to GIA and plate
tectonics, are regional to global in nature, and consequently require gravity data
from vast regions for their solutions. The deeper inside the Earth the geophysical
phenomenon under study has its origin, the more that long-wavelength gravity data
is essential.

The last 60 years have seen an enormous development in the assessment of
gravity and related data on the Earth’s surface and in space. Since the advent of the
first artificial satellite Sputnik in 1957, it has finally been possible to accurately
determine the long- to medium-wavelength parts of the gravity field to high
accuracy, allowing successful global geodetic and geophysical studies. Kaula
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(1966) published a very timely textbook on gravimetric satellite geodesy, which
theory is still in use for determining the long- to medium-wavelengths of the gravity
field in spherical harmonics. Kaula also predicted the power spectrum of gravity on
Earth (“Kaula’s rule”; see Eq. 3.29), which is still valid. All types of available
ground based geodetic satellite methods were used in studying the perturbations of
satellite orbits, in particular for recovering “the Stokes coefficients” in the form of
EGMs. These techniques suffered from a number of errors due to the heterogeneity
of observation coverage over the globe and the low sensitivity of higher degree
harmonics, yielding unstable systems of equations for solving not only the lowest
degrees. However, by conditioning the solutions by Kaula’s rule and using a
combination of terrestrial data, the upper degree of the EGMs could be advanced to
higher degrees, while the quality of the significant low- to medium-degrees were
still relatively moderate. A general treatise on the theory of physical geodesy was
Heiskanen and Moritz (1967), which was updated by Hofmann-Wellenhof and
Moritz (2006).

During this period, M.S. Molodensky’s new and revolutionary theory in physical
geodesy became known to geodesists in the West (Molodensky et al. 1962). In
particular, the concepts of the surface gravity anomaly, normal height and height
anomaly/quasigeoid, enabling the determination of the shape of the Earth without
knowing the density distribution of the topography, were most remarkable.
Bjerhammar (1962) presented his version for determining the quasigeoid from a finite
number of surface gravity anomalies by analytical continuation to an internal sphere
(“the Bjerhammar sphere”), but this was still not a well recognized method (and many
geodesists are still reluctant to do so). At that time, the only influential geodesists who
fully appreciated this technique were H. Moritz (Heiskanen and Moritz 1967,
Sects. 8—10) and M. Hotine (Hotine 1969, p. 318). Somewhat later, Molodensky’s
new concept of modifying Stokes’ formula (see Sect. 4.4) was also recognized.

In preparing his report on the fundamental theory of physical geodesy, Krarup
(1969) set out to prove that Bjerhammar’s method could not be applied as a reliable
approximation technique. However, during the course of his work, he became
fascinated with the method, developed it further to the method of least squares
collocation (LSC) and, finally, came up with a theoretical proof of the validity of
analytical continuation in physical geodesy (the Runge-Krarup theorem). Finally,
Moritz (1980a) published his textbook Advanced Physical Geodesy, partly covering
the topic of least squares collocation and partly methods for accurate quasigeoid
determination.

Bjerhammar et al. (1980) estimated the viscosity of the (upper) mantle in
Fennoscandia using a spectral window of the Earth’s gravity field. Kaula (1972)
suggested a completely different approach to study the relation between gravity and
viscosity in the mantle, namely, if a heavy slab sinks into the mantle (which is
likely the case in subduction zones) and the viscosity is constant, then the slab
should drag light crustal material down along with it, yielding negative gravity
anomalies. This technique was confirmed by Hager (1984) and Richards and Hager
(1984). In contrast they also found that, if the viscosity has a sharp increase at
mid-mantle depth (say, 670 km), the gravity signal is weakly positive.
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Turcotte and Schubert (2002) introduced the reader to the basics of geophysics
and geodynamics, such as plate tectonics, stress and strain in solids, elasticity and
flexure, heat transfer, fluid mechanics, rock rheology faultings, etc. The chapter on
gravity is of special interest, as it introduces some methods for gravity integration
and inversion with many numerical examples. For treatments of a variety of the-
ories and geophysical applications of gravimetry, the following volumes could be
mentioned. Lambeck (1988) deals with various applications of geodetic tools for
geophysics/geodynamics with in-depth descriptions, while Moritz (1990) provides
a theoretical/mathematical treatment of the Earth’s interior, equilibrium figures, the
equipotential ellipsoid and its density distribution and isostasy. Vanicek and
Christou Nikolaos (1994) present several areas of application of gravity for geo-
physics. Watts (2001) provides an in-depth presentation of isostasy and flexure of
the lithosphere, both from theoretical points of view and from geological and
geophysical findings.

1.4 Recent Developments in Gravimetric Theory and Data

1.4.1 Development of Gravimetric Data

Although terrestrial gravity data have been gradually measured for covering and
densifying land areas, the event of satellite altimetry in the late 1970s was the most
important advance in terrestrial data coverage, as it enables gravity mapping of the
oceans, which was lacking before. Today, satellite altimetry covers all oceans with
detailed gravity related information, which are invaluable data sets as gravity was
very poorly known at sea in the past. Also, repeated, time tagged altimetry tracks
provide valuable information on temporal changes of sea level. In addition, during
the last decade, large regions on land and at sea have been covered by airborne
gravity data. All these new measurements are complemented with much more
accurate positioning by Global Navigation Satellite Systems (GNSS). In particular,
the vertical position, in the past frequently poorly measured, is now accurately
determined by GNSS.

In parallel, the long-wavelength gravity field has been explored to unprecedented
resolution and accuracy, first by dynamic satellite geodesy methods using and
combining all kinds of geodetic-satellite measurements, and finally by the break
through that came between 2000 and 2015 with dedicated satellite gravity missions.
Already during the 1980s and 90s, there were competing technologies for such
missions, such as NASA’s Gravity Research Mission, based on satellite-to-satellite
tracking technique (e.g. Wolff 1969; Sjoberg 1982; Jekeli and Upadhyay 1990) and
ESA’s ARISTOTELES mission using satellite gradiometry, but it was not until the
millennium shift that such gravity measurement tools were realized (through
CHAMP, GRACE and GOCE satellite missions). In this way, the long-wavelength
gravity field has been covered to a resolution of, say, 100 x 100 km?, providing
gravity and geoid accuracies of the orders of 1 mGal and 1 cm, respectively.
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In the meantime, satellite data were also combined with terrestrial gravity data to
create high resolution EGMs. For example, EGM2008 (Pavlis et al. 2012), com-
plete to degree and order 2160, corresponds to a resolution of the order of
5 x 5 km? In parallel, also high resolution Digital Elevation Models have been
developed based on recently acquired terrestrial data, as well as space data.
Examples of such data bases are DTM2006 (Pavlis et al. 2007) and ETOPO1
(Amante and Eakins 2009) to resolutions of 5 x 5 and 1 x 1 km?, respectively.

Since the introduction of GPS for civilian uses in 1983, the world has seen a
formidable development of GNSS technology and methods, which, on one hand,
provides an independent geometric technique for validating gravimetric geoid
models, and, on the other hand, calls for more accurate geoid models as the ref-
erence level for GNSS and for directly providing geoid height estimates by the
so-called GNSS-levelling technique. Thirdly, GNSS is an essential tool in dedicated
satellite gravity missions.

1.4.2 Development of Theory

Advances in scientific results cannot only rely on improved data sets, but theory
must also improve. As discussed in the previous section, up until the 1980s, the
goal for the accuracy in geoid determination was of the order of several decimetres,
and the emphases in available literature (like Moritz 1980a; Sansé and Sideris
2013) were and are on quasigeoid rather than geoid determination. However, as the
development of the quality and amount of gravimetric data advanced, geodesists
more and more strive for the “I-cm geoid”, and the need for more accurate theory
becomes obvious. This was emphasized by Martinec (1998), who developed sev-
eral improved practical formulas for accurate geoid modelling according to tradi-
tional Stokes-Helmert approach. There are also numerous scientific papers that
develop physical geodetic theory in various ways, while recent textbooks on the
subject matter are missing. In this context should be mentioned that the develop-
ment of the Earth Gravitational Model EGM2008 (Pavlis et al. 2012) is a com-
prehensive achievement that combines theory and data in such a way that Earth
gravitational models are taken to a new level of accuracy and resolution.
Nevertheless, more efforts are needed to reach the 1-cm goal.

During the last decades, there has been a revolution in the Earth sciences. The
study of the Earth’s interior (crust, mantle and core) and attempts to model it in 3-D
is still a major challenge in geophysics, in particular for modelling the physical and
chemical structures. Moreover, mapping and understanding geodynamic processes
like deformations of the Earth’s surface and its interior mass structures, often
related to global change, are developing. In most of these studies, satellite methods
significantly simplify and enhance regional to global compilations and results.
Although the progress in geophysics is rich and manifold, this study is focused on
the following gravity related topics.
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The last 15-20 years has seen many global and regional compilations of the
Earth’s crustal depth, mainly based on seismic data. As an alternative, this study
will present recent mathematical methods based on isostasy, which utilize
satellite-gravity data and isostatic methods for determining global and regional
crustal depth models, as well as models of the Moho density contrast. Refined
models are obtained by combinations of seismic and gravimetric data.

Already in the 1960s, Runcorn (1967) suggested a mathematical technique to
determine tectonic stress in the mantle from gravity. Until recently, numerical
applications of the method were not very successful. However, based on recent high
quality satellite gravity data, we will demonstrate that this method has its merits.

For a long time, the Fennoscandia land uplift phenomenon as part of the global
GIA has been a rich field for geodynamic studies, mainly because the area is easily
accessed and has the long records of geological data needed for modelling the
historical ice sheet development and sea level progress with time. Through the
years, a number of global GIA models were developed and tested on land uplift
records in Fennoscandia (e.g. Steffen and Wu 2011). Most important parameters in
these tests are the lithosphere thickness and the viscosities in the upper and medium
mantle. Consequently, viscosity profiles in the mantle have lately been a major
research field by means of such models. Major uncertainties in this type of mod-
elling are related to the ice thickness and extension history, sea level rise and
parameters of the Earth’s rheology. In this study, the static gravity field and its
temporal change are employed as an alternative technique to determine the upper—
mantle viscosity.

Textbooks like Fowler (2001) and Turcotte and Schubert (2002) introduce the
reader to the basic concepts in geophysics and, in particular, geodynamics by
describing major Earth processes with many mathematical examples. The dedicated
satellite gravity missions deliver data that open the possibility to determine secular
and periodic variations of the long to medium wavelengths of the gravity field,
which enable the realization of a number of geodynamic studies. In the present
book, we will demonstrate how to apply the information on temporal changes of
gravity to determine the secular and annual variation of the geoid. The change of
the geoid in Fennoscandia, related to GIA, will also be used to estimate the upper to
medium mantle viscosity.

Recently Jacoby and Smilde (2009) provided numerous examples of the geo-
logical and geophysical interpretations of gravity data. They suggest that gravity
interpretation be related to broader subjects such as the shape of the Earth, the
nature of the continental and oceanic crust, isostasy, forces and stresses, geological
structure, climate change, etc. For example, one of the important applications of
observing gravity in geodesy is to use it in combination with other measurements,
e.g. distances and coordinates for defining the Earth’s shape and in combination
with levelling and other surveying methods (GPS levelling). In geophysics and
geology, the purpose is typically for the exploration of the Earth’s interior, and
gravity data has a similarly important bearing on oceanography. In geodynamics,
temporal gravity change has become an interesting matter because its space time
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behaviour reflects processes such as loading or unloading and flow inside the Earth,
which depend on viscosity and mantle convection. Temporal gravity variation can
also reveal mechanical properties and even deep processes such as Earth core
oscillations (Jacoby and Smilde 2009).

The dedicated satellite gravity missions play and will play increasing roles in
studying and explaining the Earth’s interior constitution and its on-going geody-
namic processes, and, in the next few years, one can expect to see fairly detailed
3-D maps of the Earth based on the inversion and integration of gravity, seismic and
other geophysical data. Also, temporal changes of sea level and gravity are key
issues in studying changes in ocean circulation, which are closely related with
climate change.

1.5 Reference System, Reference Frame and Datum

Geospatial data becomes a more and more important tool in society for many kinds
of research of immediate use, but also for future planning and enterprise. For the
latter purpose, geospatial data archives deserve increasing attention. In this respect,
the data archives will form virtual models of the Earth, and the modelled Earth will
be the basis, e.g. for future engineers, researchers and decision makers for their
applications, predictions and decisions. From such a perspective, one needs to
clearly define and distinguish between the basic geodetic concepts of reference
system, frame and datum. It is important to clarify the difference between reference
system and reference frame, as they are two different concepts. The former should
be regarded as a theoretical definition, and the latter is the practical counterpart
realized through observations and a set of coordinates.

A reference system defines models, parameters and constants, which serve as
necessary bases for the mathematical representations of the involved geometric and
physical quantities. A geodetic reference system is the joint concept of a coordinate
system, a time system, gravity model and a number of physical constants and datum
parameters. Reference systems used in satellite geodesy are global, 3-D and geo-
centric, i.e. with origin of the coordinate system at the gravity centre of the Earth
(various terrestrial systems, which could be 3-D, 2-D or 1-D, with various origos).
Two types of systems are needed/relevant in satellite geodesy: Earth-fixed and
space-fixed systems.

A geodetic reference frame is a realization of a reference system, i.e. it is the
resulting practical system based on methods of observation and analyses of the data,
as well as the orientation of the coordinate system. Practically, this is done phys-
ically by a solid materialization of points, and, mathematically, by determining the
parameters, e.g. geometric coordinates (Drewes 2009). Hence, the reference frame
makes possible the determination of station location/position, possibly as a function
of time. This procedure seems simple, but one has to deal with complicated matters
such as theory of relativity, forces acting on the satellites, corrections for the
atmosphere, Earth rotation, solid Earth and ocean tides, tectonic motions, etc.
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The geodetic datum explains clearly the relation between a reference system and
a reference frame by assigning some parameters, e.g. the coordinates of the origin
of the system (Xo, Yo, Zy), the directions of coordinate axes and the scale as a unit of
length (e.g. in metre).

The definition of a reference system must not be affected by the realization of a
geodetic datum and reference frame. Also, the errors of measurements in a refer-
ence frame do not affect the datum definition, as the datum parameters are fixed and
independent of the measurements. The roles of the reference system and frame in
the sustainable development of a country have been reaffirmed by the United
Nations General Assembly Resolution on the Global Geodetic Reference Frame,
which states that:

The economic and scientific importance of and the growing demand for an accurate and
stable global geodetic reference frame for the Earth that allows the interrelationship of
measurements taken anywhere on the Earth and in space, combining geometric positioning
and gravity field related observations, as the basis and reference in location and height for
geospatial information, which is used in many Earth science and societal applications,
including sea level and climate change monitoring, natural hazard and disaster management
and a whole series of industrial applications (including mining, agriculture, transport,
navigation and construction) in which precise positioning introduces efficiencies (United
Nations 2015).

The resolution further invites Member States to:

Commit to improving and maintaining appropriate national geodetic infrastructure as an
essential means to enhance the global geodetic reference frame, engage in multilateral
cooperation that addresses infrastructure gaps and duplications towards the development of
a more sustainable global geodetic reference frame and develop outreach programmes that
make the global geodetic reference frame more visible and understandable to society
(United Nations 2015).

Geodetic reference systems and frames can be global, regional or local. It may be
appropriate to use a national reference system when small details over a large area
should be recognized and a more locally adapted reference system for large scale
information.

Examples of Geodetic Reference Systems

A well-defined spatial reference system is needed to create an accurate digital
geospatial data base or map. The reference system defines the coordinate system
and datum in which all landmarks have unique (3-D) coordinates. As an example,
the International Terrestrial Reference System (ITRS) constitutes a set of pre-
scriptions and conventions together with the modelling required to define origin,
scale, orientation and time evolution of a Conventional Terrestrial Reference
System (CTRS). For more details, see, e.g. http://www.ggos-portal.org (retrieved
13 March 2016).

There is a mutual dependence existing between national and international ref-
erence systems. National systems need to have a close connection to the interna-
tional systems, which needs observations from the national reference system.
Therefore, international cooperation has intensified over the past decade, and,
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among other things, has led to the reference systems becoming realizations
equivalent to European systems. For example, within Europe, ETRS89 (European
Terrestrial Reference System) has been adopted as the joint reference system.
ETRS89 is compatible with the global ITRS, which is a dynamic system that
includes a velocity model. Coordinates and speeds in ITRS are calculated based on
data from various time intervals, and these solutions are referred to as ITRF
(International Terrestrial Reference Frame). Figure 1.2 shows the relationship
between global systems and SWEREF99 (the national reference system of
Sweden).

Examples of Geodetic Reference Frames

The ITRS is realized by the International Terrestrial Reference Frame (ITRF) based
upon estimated coordinates and velocities of a set of stations observed by the
geodetic space techniques VLBI, LLR, GPS, SLR and DORIS. A fixed geodetic
reference frame is a necessary tool to better understand time dependent phenomena,
and it is also needed for precise orbit determination of geodetic satellites.
A terrestrial reference frame provides a network of reference points located on the
Earth’s surface with known coordinates. The Earth’s motion in space and the
deformation and motion of points on its surface are measured vs. the International
Celestial Reference Frame fixed by VLBI, LLR, GPS, SLR and DORIS techniques.
Figure 1.3 shows the temporal changes in the ITRF2008 station positions
(Altamimi et al. 2011).

“Geodetic reference frames are the basis for three-dimensional, time dependent
positioning in global, regional and national geodetic networks, for spatial appli-
cations such as the cadastre, engineering construction, precise navigation, geoin-
formation acquisition, geodynamics, sea level and other geoscientific studies.”

The geodetic reference frames are necessary to consistently reference or tag
parameters using geodetic observations, e.g. station coordinates, crustal motion,
Earth orientation information, etc. Ground observations of GNSS and other satel-
lites, or radio telescope observations of distant quasars, enable us to define not only
the reference frame, but also to derive other parameters, for instance, crustal motion
parameters from continuously operating GNSS stations, Earth orientation param-
eters, and geocentric motion (for more, see http://www.ggos-portal.org).
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Fig. 1.3 International terrestrial reference frame (ITRF) 2008 realization stations and its
a horizontal (Major plate boundaries are shown according to Bird 2003) and b vertical velocity
field. Positive velocities are shown in red and negative in blue (Altamimi et al. 2011) with formal
error less than 0.2 mm/yr

“The Terrestrial Reference frame provides a set of coordinates of some points
located on the Earth’s surface. It can be used to measure plate tectonics, regional
subsidence or loading and/or used to represent the Earth when measuring its
rotation in space. This rotation is measured with respect to a frame tied to stellar
objects, called a celestial reference frame.”

The ITRF is being updated from time to time, and, for example, the notation
ITRF2014, the year implies a realization with computation of the frame at epoch
2014. Each realization consists of station-position coordinates and their velocities.
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1.5.1 More on Reference Systems

The location of a point can be expressed in several different coordinate systems
within the same reference. As an example, a point in GRS80 can be specified with
geocentric coordinates or geodetic coordinates in any of the projection zones.

In the geodetic description of the Earth’s surface, there are three different sur-
faces; see Fig. 1.4:

e The Earth’s physical surface, which also includes sea level.

e The geoid, which is the equipotential surface of the Earth’s gravity field that best
fits to the mean sea level. (An equipotential surface is a surface of constant
scalar potential. The gradient of the gravity potential is called gravity, and it is
perpendicular to the surface.)

e A reference ellipsoid, which is a mathematical description of the ellipsoid that
best fits the geoid in a region. The globally best fitting ellipsoid is denoted the
Mean Earth Ellipsoid.

The topographic and geoid surfaces are irregular surfaces, unlike the reference
ellipsoid, which is a smooth mathematical approximation of the physical surface
(geoid and/or topography).

The definition of a geodetic reference system is therefore based on these three
surfaces, their mutual relations and their changes over time. The relationship
between the height above the ellipsoid (the geodetic height) A, the height above sea
level (orthometric height) H, and the geoid height N is illustrated in Fig. 1.4 and by
the formula:

h=H+N. (1.1)

[Note that in Fig. 1.4 the geoid is shown above the ellipsoid. However, in some
regions, e.g. the continental United States, the geoid is actually below the ellipsoid,
and therefore the value of the geoid height is negative there.]

The EGM2008 geoid model, shown in Fig. 1.5, ranges between peak values
—106.6 m in the Indian Ocean south of India and 87.6 m north of Australia. The
origins of these extremes are briefly discussed in Sects 8.1.1.2 and 8.2.2. Large
negative geoid undulations are also seen in the Ross Sea in the Antarctic region and
in NE N. America, related to postglacial mass deficiencies, and also in Mongolia, the
Pacific offshore of California and the Atlantic Ocean east of the Caribbean islands.

Fig. 1.4 Geodetic
descriptions of the Earth’s
surface
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Fig. 1.5 Global geoid model obtained from EGM2008 model (up to degree 2160, corresponding
grid resolution is 5" x 5'). Unit: metre

Major positive undulations can also be found in the Andes in S. America, in N.
Atlantic Ocean (sloping from both the east and west towards the mid-Atlantic ridge)
and in the middle and south of Europe, as well as in SE of Africa.

1.5.2 Different Types of Reference Systems

Three-Dimensional System (3-D)

The need for a 3-D reference system has increased with the increased use of satellite
methods (GNSS). An example of such a system is WGS84 by which the position of
a point can be defined in a clear way all over the Earth. Figure 1.6 shows a position
in 3-D expressed with Cartesian, geocentric coordinates (X, Y, Z) and geodetic
coordinates [latitude (¢), longitude (A) and ellipsoidal height (k)]. The coordinates
can be converted between the two systems; see Sect. 2.3. The geocentric coordinate
system places the origin at the (mass) centre of the Earth and the Z axis is directed

Fig. 1.6 Illustration of
geocentric cartesian (X, Y, Z)
and geodetic (¢, 4 and h)
coordinate systems
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along the Earth’s rotational axis. The X- and Y-axes are located in the equatorial
plane with the X-axis passing through the Greenwich meridian, and the Y-axis
points to the east at a right angle to the X-axis. In this way the (X, Y, Z)-system
becomes a right angle system.

The geodetic coordinates latitude and longitude are used to express positions in
angular dimensions. The latitude is the angle in the north-south direction with
latitude zero (0) in the equatorial plane, 90° N in the North and 90° S in the South
Poles. The longitude indicates the angle in the east-west direction and is based on
the prime meridian, being zero along the meridian through Greenwich, counted
positively eastward and westward negatively, (or with E or W for east and west,
respectively).

Plane Coordinate Systems (2-D)

A 2-D reference system (or a plane coordinate system) has no direct link to the
height component. Grid coordinates in the plane for a point on or above the ref-
erence ellipsoid, calculated by a selected (map) projection, is one example. The map
projection depicts any curved surface or line on Earth on the mapping plane. The
choice of projection is controlled by the application and projection characteristics
such that the purpose of the map is met. Most geodetic maps are made in Transverse
Mercator (Gauss-Kriiger) projection.

Height Systems (1-D)

Height above the sea is defined in a selected height system. A height system
consists of a number of fixed points (benchmarks), which are marked on the ground.
In the future, the height system may be defined as a digital database versus a defined
geoid model without fixed points. The height of each fixed point is carefully
measured (usually by levelling). The height system is also linked to a number of
parameters that define the height of the fundamental benchmark at the zero point of
the system and the epoch of the height calculation that the heights are valid for, as
well as a possible temporal rate of change of height of each benchmark. The fixed
points are then used as starting points to measure height differences to and the
heights of other objects in the surroundings. Geoid and land uplift models are
closely associated with the height system. When the term “height” is used, it usually
means the height above sea level, or, more precisely, the height along the plumb
line above the geoid. The geoid surface is always perpendicular to the plumb line.
The altitude/orthometric height (H) of an arbitrary point P is therefore the distance
along the vertical/plumb line reckoned from the geoid to P. See Fig. 1.7.

Over time, height systems are affected by a number of external factors: fixed
points are destroyed or moved because of subsidence or land uplift. As a result, a
fixed point usually has different heights in different height systems. Differences
between systems also occur when they have different fundamental/zero points. For
example, Normaal Amsterdam Peil (NAP) is used as zero point in Sweden, Finland,
Norway and Denmark and also in Poland, Germany and the Netherland, while
many former Soviet Union countries use the Baltic Sea Datum from 1977 with zero
point defined by mean sea level at Kronstadt (in 1933).
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Fig. 1.7 Illustration of a
height system with height
H above the geoid
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Gravity System

A reference gravity system is realized through a gravity network, which can be
divided into different orders. Careful preparations for establishing a new, accurate
and reliable gravity network are important, and it will help also in defining an
accurate reference system.

The first international gravity network was established in 1971 by the
International Union of Geodesy and Geophysics (IUGG), named the International
Gravity Standardization Net (IGSN) 1970. The IGSN is a worldwide gravity net-
work, consisting of 1854 stations with 10 absolute gravity measurements collected
over the 20 years preceding 1971. Today most countries have introduced their own
gravity networks and try to connect them with surrounding countries, and much of
the data in Europe were delivered into the database of the Unified European Gravity
Network 2002 Project (UEGN2002) (see Kenyeres et al. 2001).

Most geodetic measurement techniques are affected in one way or another by the
magnitude and direction of gravity, and such information is needed, for example, in
precise levelling, geoid determination and geological mapping.

1.5.3 Major Geodynamical Effects on Reference Frames

In this section, some major geodynamical phenomena that affect the reference
frames will be presented. They are plate motion, glacial isostatic adjustment
(postglacial rebound) and Earth tide.

Plate Motion

Continental drift, the movement of the Earth’s continents relative to each other, was
discovered by the German scientist Alfred Wegner in the 1930s. Nowadays, the
concept of continental drift has been replaced by the concept of plate tectonics. The
processes of seafloor spreading, rift valley formation and subduction are the main
geologic forces underlying plate motion. Seafloor spreading occurs when molten
rock rises from inside the Earth and makes new seafloor. Rift valleys are formed
when a continental landmass is splitting itself apart. For example, Fig. 1.8 illus-
trates that the tectonic movement that all northern parts of the European plate
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Fig. 1.8 Observed annual
horizontal movement at fixed
GPS reference stations in
northern Europe (Reference
system: ETRS89
©Lantmiteriet, Givle)

experience amounts to about 25 mm/yr in a NE direction. This means that, after
40 years, the coordinate values will be shifted about 1 m from a global perspective.
It illustrates an essential difference between a local reference frame and a global
reference frame. The local reference frame is a static system with respect to epoch
related and plate tectonic movement. The global reference frame changes over time,
partly by adapting to yet more recent solutions of ITRF, and through ongoing
updates to the current era. (Figure 1.8 is comparable with Fig. 1.3a in the global
reference system).

Post-glacial Rebound

Post-glacial rebound or Glacial Isostatic Adjustment (GIA) is the viscoelastic mass
rebound of the crust from its previous depression by the ice load during the last (and
previous) ice age (ages). For a long time, it was believed in the Nordic region that
the sea was withdrawing. The historical evidence was based on studies of ancient
shorelines that today are located on land. However, in the 1700s, it was observed
instead that it is the solid crust that is rising. As proposed by Anders Celsius,
watermarks were carved into rocks along the coastlines in Sweden and Finland to
measure the relative sea level change. From the mid-1800s, mareographs (i.e. a type
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Global land uplift obtained from ICE-6G(VMS5a) model
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Fig. 1.9 Global land uplift model obtained based on the GIA model ICE-6G (VM5a). For details,
see Peltier et al. (2015)

of accurate tide gauge) were established to more precisely monitor sea level change.
Today, the relative uplift may also be determined using other types of observations,
such as repeated precise levelling and GNSS observations.

Although GIA is a global phenomenon, it mostly affects the previously (or
presently) glaciated regions in Laurentia, Fennoscandia, the Barents Sea, Iceland
and parts of Antarctica and Greenland (see Fig. 1.9). The land uplift is of the order
of 1-1.5 cm per year or less, and in the peripheral regions land is even sinking some
mm/yr. The rebound also results in horizontal motions, which, in the case of
Fennoscandia, ranges to about 2 mm/yr in the central uplift region in the Bothnia
Bay and decreases away from this region (see Fig. 1.10). This means that geodetic
projects with high accuracy, like precise levelling projects, must be corrected for the
land uplift and the height systems must be time tagged.

There are various geophysical GIA models. Figure 1.9 shows a model of
present-day mass change due to post-glacial rebound and the reloading of the ocean
basins with seawater. The uplift rate (rate of radial displacement) is obtained using
the ICE-6G (VM5a) model. In ICE-6G (VM>5a), the most recently available GPS
observations have been employed (Peltier et al. 2015). Red and yellow areas
indicate rising due to the removal of the ice sheets. Blue areas indicate falling as
mantle material moved away from these areas in order to supply the rising areas,
and because of the collapse of the fore bulges around the ice sheets. Minimum and
maximum values are —6.5 and 13.8 mm/yr. Uplift varies and is greatest in Canada.
The next largest is in northern Sweden at the Gulf of Bothnia (about 1 cm/year) and
at least in Skane (approximately O cm/year).
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In connection with the final calculation of the height systems in the areas with
land uplift phenomena, a land uplift model should be considered to correct the
height system. For example, the NKG2005LU model has been adopted as the
official Nordic land uplift model of the Nordic Commission of Geodesy (NKG) in
order to correct the heights. It is based on observations from mareographs, mea-
surements from repeated precision balancing and data from fixed GPS-reference
stations. For the area outside the Nordic countries, uplift is estimated from a geo-
physical model, which is based on the theories of the ice thickness and properties of
the mantle and the crust. Agren and Svensson (2007) presented two types of land
uplift: apparent (with respect to sea level) and absolute (with respect to ellipsoid or,
roughly, geoid). The relationship between apparent and absolute land uplift is given
by:

LUapsotte = (LUapparens +1.32)1.06 mm /year

Figure 1.10 shows the horizontal components of the global crustal motion.
Tidal Effects

The tidal acceleration at a point on Earth is the difference between the attraction of
the Sun and the Moon (and planets) at the point and that at the centre of the Earth.
This attraction creates both ocean and body tides, which directly affect all geodetic
measurements. Most spectacular is the sea water tide, e.g. in the Bristol channel,
England, and the Bay of Fundy, Canada, where it can reach 16 m. Due to the ocean
tide and body tide, the Earth deforms because it is not a rigid body but behaves
elastically. The tidal forces and deformations are both periodic and permanent.
Most prominent are the diurnal and semi-diurnal periods, but there are also
long-term periods of 8.5 and 18.6 years that can be hard to distinguish from secular
motions due to other causes. The vertical displacement of the Earth surface may
reach about 0.33 m, while the geoid height may change as much as 0.69 m (e.g.
Vanicek et al. 1987, p. 186). There are different tidal systems, which depend on
how the permanent tide is treated:

e The non-tidal system that comprises the permanent tidal effects (attraction and
deformation) is completely isolated from geodetic quantities. The shape and
gravity field of the Earth deviate from reality in this system.

e The mean-tidal system, which contains both the permanent tidal attraction and
the permanent tidal deformation of the Earth, is retained. The shape and gravity
field of the Earth correspond to reality in this system.

e The zero-tidal system where the permanent tidal attraction is eliminated but the
permanent tidal deformation is retained. The gravity field of the Earth deviates
from reality, and the shape of the Earth corresponds to reality in this system.



1.5 Reference System, Reference Frame and Datum 21
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Fig. 1.10 North and east components of global crustal motion obtained based on ICE-6G
(VM5a). From Peltier et al. (2015)
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1.5.4 Geodetic Reference System 1980

The Geodetic Reference System 1980 (Moritz 1980b) was adopted at the XVII
General Assembly of the IUGG in Canberra, Australia, in December 1979. Several
of its constants are given in Table 1.1. GRS8O0 is (still) recommended to be used as
the primary global geodetic system for various geoscience applications.

Normal Gravity

The normal gravity y, can be computed at any point on the reference ellipsoid by
the formula:

1 in?
Yo = 7e % (1.2)
(1 —éesin’ @)
where
P (1.3)
ayje
Table 1.1 Parameters of geodetic reference system 1980 (GRS80) (Moritz 1980b)
Conventional constants | Symbol | Value | Unit
Defining constants (exact)
Semi-major axis of ellipsoid a 6 378 137 m
Geocentric gravitational constant GM 3986 005 x 108 m’/s?
Dynamic form factor Js 108 263 x 107% -
Spherical-harmonic coefficients Jy -2370 91222 x 107 -
Spherical-harmonic coefficients Je 6083 47 x 107" -
Spherical-harmonic coefficients Jg —1427 x 107 -
Angular velocity I 7292 115 x 107! rad/s
Derived geometric constants
Semi minor axis b 6 356 752.3141 m
Linear eccentricity E 521854.0097 m
First eccentricity (= e) & 0.006 694 380 022 90 -
Second eccentricity (= e') e? 0.006 739 496 775 48 -
Flattening f 0.003 352 810 681 18 -
Reciprocal flattening f ! 298.257 222 10 -
Derived physical constants
Normal potential at ellipsoid Uy 6 263 686.0850 x 10 m?/s?
Normal gravity at equator Ve 9.780 326 7715 m/s>
Normal gravity at pole Vp 9.832 186 3685 m/s>
Gravity flattening (1p = e)/7e 5.302440112 x 1073 -
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For determining the normal potential and normal gravity in space above the
ellipsoid, we refer to Sect. 3.2.2.

Tidal System

In 1983, the IAG adopted the zero-tidal corrections to be used in geodetic systems.

L . . —id <tide .
This implies that the permanent tidal attraction (—OW"™ /0r), where W™ is the
permanent tidal potential, is eliminated, whereas the permanent tidal deformation is
retained in gravity measurements, yielding the gravity correction:
i ——tide
aWnde 8W”
+(1=9) ,
or or

dg" = § (1.4)

where W' is the (total) tidal potential and & ~ 1.16 is the gravity Love number.
Similarly, the height above the zero-geoid is obtained by adding the correction

: w
dH”d":yE+(lfy) : (1.5)

w | =

Assuming that all gravity observations have been corrected according to
Eq. (1.4), the geoid height determined by Stokes’ formula will also refer to the
zero-tide system.
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Chapter 2
Basic Mathematics

Abstract The basic mathematics useful for this book is divided into discrete least
squares theory, collocation, coordinate systems, Legendre’s polynomials, spherical
and ellipsoidal harmonics, the fundamentals of potential theory and regularization.
Most numerical applications are based on linear least squares theory, either in the
spatial domain (mainly for local studies) or by spherical harmonics in regional and
global applications. For example, linear regression analysis, discrete and continuous
least squares collocation are described. As problems in geodesy and geophysics are
frequently non-linear, the linearization of such a problem is also presented. After
introducing Legendre’s polynomials and spherical harmonics, the latter type of
series is used for spectral smoothing and combining sets of data. The gravitational
potential on and outside the ellipsoid is also presented in ellipsoidal harmonics. One
section is devoted to the basics of potential theory, including some basic concepts,
Newton’s integral for the potential, Laplace’s and Poisson’s equations and Gauss’
and Green’s formulas, as a well as basic boundary value problems, as a background
for the rest of the book. Considering that most problems related with gravity
inversion are inverse problems, regularization is needed to reach a practical solu-
tion. Hence, various approaches to regularization of solutions to inverse problems
are shortly described and compared.

Keywords Basic mathematics - Collocation - Coordinate systems - Least squares
theory - Legendre’s polynomials - Spherical harmonics - Potential theory -
Regularization

2.1 Least Squares Adjustment Theory

Least squares treatment of large data sets is common in geodesy, surveying and
geophysics. Least squares collocation, widely used in geodesy, is closely related
with kriging, frequently applied in geophysical prospecting. This book will apply
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least squares in various ways in physical geodesy and geophysics, and the basics are
provided in this section.

Definition 2.1 Let x be a stochastic estimator for the parameter u. If the stochastic
expectation E{x} = u holds, we say that x is an unbiased estimator of u and its
variance is given by:

G)ZC:E{(xf,u)z}. (2.1)

Definition 2.2 If E{x} # p, then x is a biased estimator of y, and its Mean Square
Error,

MSE{x} = E{(x — ,u)z} = ¢ + bias?, (2.2a)

is the sum of its variance given by (2.1) and the bias squared, the bias given by:

bias, = E{x} — u. (2.2b)
Equation (2.2a) follows directly from the relation:

MSE{x} = E{(x - ﬂ)z} - E{(x — E{x} +E{x} — u)z}. (2.3)

2.1.1 Adjustment by Elements

Let us assume that L is a vector of n observations with a random error vector &. If
L is related with the unknown parameter vector X (with m < n elements) by the
linear matrix equation (system of observation equations)

AX =L —z¢, (2.4)

where A is called the design matrix, assumed to be of full rank, the least squares
solution to (2.4), minimizing the weighted sum of squares of errors, £ Pg, is:

X=(ATPA) 'ATPL. (2.5a)
The error vector and covariance matrix of the unknowns become:

¢ =L—AX (2.5b)
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and
-1
Qx =a;(A"PA) . (2.5¢)
Here P is a positive definite weight matrix among the observations, ()71 is the

inverse of the matrix in the bracket and 0'(2) is the variance of unit weight. The latter
can be unbiasedly estimated by:

2 =&"Pe/(n —m) = LTP(L - Af() /(n — m), (2.5d)

where n and m are the numbers of observations and unknown parameters,
respectively.

Example 1 Consider a linear regression in time (#;) with observation equations

a+bti=1;—¢; i=1,...,n, (263)
or, in a matrix equation
1 1 L
. m =|.|-¢ (2.6b)
1 1, L,

with the least squares solution for the parameters a and b

n _l n
N n >y >
m = i=1 (2.6¢)
St 28 > til;
[ i i=1

If one substitutes #; by At; = #; — 1, where 1o = (31, ;) /n is the mean of the
observation times, one obtains:

Xn: At; = 0,
i=1

implying that the off-diagonal elements of the normal matrix A”A vanish, yielding
a diagonal matrix, and the above solution is simplified to:

a= i;li/n and b= i:m,-l,-/i: (Ar)? (2.6d)
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with standard errors

sa=s/vn and s5=1s/ z": (An)?, (2.6¢)

i=1
where the variance of unit weight (s) is given by Eq. (2.5d).

This solution is useful in estimating the secular change/trend parameter b of the
set of observations (/) observed at different epochs. In particular, if the time interval
(Ar) between successive epochs is constant, it follows that:

2 (2i—n— 1)
b:A—Zﬁjl(f t )12, and s, = o . (2.66)
1 2i—n—=1) At\/Zf:l (2i—n—1)

One may also eliminate the constant a in Eq. (2.6a) by substituting each
observation I; by I; — I, where [ is the mean of the observations.

The estimated secular trend (5) may be sensitive to periodic signals not included
in the regression analysis, in particular for long-periodic terms. If the periods (TJ)
are known, their causes can be included in the adjustment by the revised formula

J
a-+bt; + Z (cj cos wjti—|—djsina)jti) =li—¢&; i=1,...,n, (2.6g)
=1

where w; =2n/T; and J is the number of periodic signals included in the
adjustment.

If the set of observations are evenly distributed over the period and includes one
or a multiple of periods, the effect of the periodic term is eliminated. More gen-
erally, the regression formula is extended to multiple regression analysis by
including several types of correlated observables. Then the normal matrix A”PA of
the solution (2.5a) will be a full matrix, and, for example, the simple solution for the
trend parameter in (2.6f) does not hold, implying that the unknown parameters are
correlated and mutually affect the solutions of the individual parameters.

— Special Cases:
o Frequently the underlying function f;(X) for the observation /; is non-linear:

L—e=fX); i=1,...n, (2.7a)

and by Taylor expansion of all observation equations the system may be
linearized to the matrix equation
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AAX = AL — ¢, (2.7b)

where A is the design matrix as above, AX is the (unknown) improvement of
X versus the approximate value Xy and

AL =L — [fi(Xo), .. .fu(Xo)]" (27¢)

Here L is the vector of observations ;. By solving (2.7b) as in (2.5a), the
least squares solution is achieved. As the original equations are non-linear,
the solution may need to be iterated for convergence.

e If there are a priori information X~ of the unknown vector X with covariance
matrix Qy, the matrix equation (2.4) can be augmented by the equation

IX=X —g; E(ge)=0Qx, (2.8a)

and assuming also that the observations X~ and L are uncorrelated, the
improved least squares solution becomes (e.g. Sjoberg 2013, Sect. 12.1):

X =N (Qg'X +ATQ'L) (2.8b)
or
X =X +K(L—-AX"), (2.8¢)
where:
N=Qx'+A7Q'A and K=QA"(AQxA”+Q) ', (2.8d)

and the covariance matrix of the solution vector can be written:
—1

It is obvious that this solution is both more stable and precise than the
original solution (2.5a).

As an example, the solution of Egs. (2.8c) and (2.8e) is useful in gravity
inversion when a preliminary model of Earth parameters (X~) are at hand
from a previous analysis, and new data (L) are available to improve the
model. In the case that the new observation equation is non-linear, it can be
linearized as described above. Several other ways of adjusting the non-linear
equations in combination with the preliminary model are discussed at length
in Tarantola (1987).
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e Closely related adjustment schemes are condition adjustment and condition
adjustment with unknowns. See, e.g. Bjerhammar (1973, Chaps. 12 and 20),

A discrete least squares problem may be rank deficient or ill-conditioned,
leading to proper and numerical singularities, respectively, in the systems of
equations. In the first case, there is no unique solution. In the second case, a unique
solution may exist, but the system is badly conditioned such that the numerical
solution may fail or be badly contaminated by errors. In solving geoscience
problems by gravity inversion, the systems of equations are frequently
ill-conditioned, as such problems are typically ill-posed, which can be handled by
some type of regularization (see Sect. 2.8).

2.2 Least Squares Collocation

2.2.1 Discrete Collocation

Least Squares Collocation (LSC) is a type of interpolation and/or prediction of
stochastic variables, either within one type of observable or from the observations
of one type to another. In addition, the covariances among the observables as well
as between these and the predicted variable are assumed to be known.

Let x and y be stochastic variables with expectations zero. The variable y is
assumed to be estimated (predicted) from observations of x. The auto-covariance
and error covariance matrices (C and D) among the observations in the observation
matrix X, as well as the cross-covariance vector ¢ between y and X, are known.
Moreover, if the variance of y, 03, is known, the prediction variance can also be
estimated. In this case y can be optimally estimated/predicted in a least squares
sense by the formula (Moritz 1980, Part B)

j=c'(C+D)'X, (2.9a)

and the prediction variance becomes:

5 =

-1
6_2 o‘i —c(C+D) e (2.9b)
Proof Consider the general linear estimator

y=a'X, (2.10a)

where a is an arbitrary vector and the error of X is € with expectation zero. Then the
prediction error becomes:
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s T
g=y—y=aX-y, (2.10b)
and by assuming that & and y are uncorrelated, the prediction variance becomes:

=~ E{sﬁ} =0, +a'E{(X+¢)(X+g) }a—2a"E{(X+&)y}
=o;+a’(C+D)a—2a"c=0} —'(C+D) 'c

+[a- (C+D)’1c}T(C+D) [a—(c+D)'¢]
>0, - (C+D) e, (2.10¢)

where C = E{xx"}, D = E{ge’} and ¢ = E{xy}. This shows that the optimum
predictor is provided for a = (C + D)_lc, and the predictor and its variance follow
from (2.9a, b).

If the expectation of x does not vanish, collocation can still be applied as above
after first removing the bias, trend or systematic error by a least squares adjustment
by elements as above. The whole procedure, including trend removal, is the general
form of least squares collocation (Moritz 1980, Parts B and C).

When collocation is applied to the gravity field of the Earth, it is unrealistic to
assume that the signal (but, on the contrary, the error) is stochastic, and this can
only be assumed as an approximate model. As a result, also the signal covariance
functions needed are in doubt. In the application of collocation the statistical
expectation operator is replaced by a space average operator, which is not trivial.
Lauritzen (1973) even proved that a Gaussian stochastic process of gravity is not
ergodic, implying that “even if we knew gravity all over the Earth, we would not be
able to find the true covariance function”. If there is only one realization available
of the stochastic process, we cannot determine the true covariance function.

Nevertheless, discrete collocation is an important method for inter- and extrap-
olation that also provides an approximate estimate of the prediction variance. Even if
this method is not the most precise technique, it is frequently also used for deter-
mining various quantities from gravity data. However, one should also bear in mind
that collocation leads to large matrix systems when many observations are at hand.

In geology and geophysics, a similar concept named kriging has been developed
for applications in geostatistics (see, e.g. Matheron 1963). The essential difference
to collocation is the variogram that replaces the covariance function used in col-
location. See, e.g. Dermanis (1984) for further details.

2.2.2 Continuous Collocation

Let x be a continuous stochastic process on the sphere with expectation zero and
auto-covariance function ¢, (P, Q). Its observation x is contaminated by the error ¢,
which is assumed to be uncorrelated with the true signal x, has expectation 0 and
auto-covariance function d(P, Q).
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Problem It is requested to determine the least squares solution to the linear con-

tinuous estimator on the sphere:
Jp = //hxda, (2.11)

o

where £ is an unknown Kernel function to be determined such that the variance of y
is a minimum. Here ¢ is the unit sphere. In addition, the cross-covariance function
between the signals y and x, i.e. ¢, (P, Q) = ¢y (P, Q), is assumed to be known.

Solution (Sjoberg 1979): The error of y is:

ayzy—y://h)_cda—y, (2.12)

g

with the prediction variance

7(p) = {5 -3} = 5i0) =2 [[ 1P, Q)en(P, Q)dog

+ // h(P,Q) // h(P, Q") {cu(Q, 0 +d((Q,Q)}dog | dag. (2.13)

It follows that the minimum prediction variance
2(P) = 62(P) — 2 // i(P, Q)eys(P, Q)doyg (2.14)

is obtained by:

ny(Pa Q) = // /:l(P, Ql){CW(Q, Ql) +d(Q7 Ql)}dGQ" (215)

which is the so-called Wiener-Hopf integral equation for the kernel function /. The
least squares solution is thus given by Eq. (2.11) with & given by Eq. (2.15).

If there are two different sets of stochastic processes, x; and x, on the sphere,
observed with random errors ¢; and &, and all covariance functions are known
(with obvious notations similar to the above example), a related stochastic process
y can be optimally estimated from the general combined estimator

5 = // ((P.O)(Q) + (P, O)x:(Q))do. (2.16)
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The least squares solution for functions 4; and h, are the solutions to the integral
equations

e (P, Q) = // [ (P, @)1 (Q, Q) +ha(P, Q)i (Q, Q)]da’  (2.17a)

and
6 (P.0) = [ (P 0)e(€.0) +n(P.Q)en (@, Q))ae's  (2.170)
where:
¢11 =c11+dyp and ¢ = cpp +don; d; are the respective noise covariance
functions.

The expected least squares prediction variance becomes:

e = - [ [%(RQ) [ {en@ @i 2.0+ 26000 0.0 s | o

7// [ﬁz(P, Q)//{CZZ(Q,Q’)EZ(P,Q’)}dJ'} do. (2.18)

The solutions to the kernel functions h; can be conveniently determined from
Egs. (2.17a, b) by expressing all functions in spherical harmonics (see Sect. 2.8.2).
If the stochastic processes are harmonic in the exterior of the sphere (which is the
case if they are related with the gravity field and there are no topographic and
atmospheric masses outside the sphere), the predictions ¥, can be extended to any
point on or outside the sphere (Sjoberg 1979). The Wiener filter is further discussed
in Sect. 2.8.2 as a method of regularization.

2.3 Coordinate Systems

Consider the point P in an Earth-fixed Cartesian coordinate system (x,y,z), with
origin at the Earth’s centre of gravity, the z-axis along the Earth’s axis of rotation
and the (x,y)-plane in the equatorial plane with the x-axis in Greenwich meridian
and y-axis at right angle to the east.

Then the Cartesian coordinates can also be expressed in spherical coordinates
(see Fig. 2.1)

X =rcosy cos
Yy =rcosy sin i (2.19)

z=rsiny,
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Fig. 2.1 Relation between
Cartesian and spherical
coordinates

Fig. 2.2 Relation between
Cartesian and geodetic
coordinates

where r and  are the geocentric radius and latitude, respectively, and 4 is the
longitude.

The geodetic coordinates (¢, 4,h) = (latitude, longitude, height) are related to
the Cartesian coordinates by the formulas (see Fig. 2.2)

x = (N+nh) cos ¢ cos A
y = (N+h) cos ¢ sin A (2.20)
z=[N(1 —¢*)+h]| sing,

where:
N =a/y/1—e?sin’ @ (2.21)
is the radius of curvature in the prime vertical of the reference ellipsoid with

semi-major and semi-minor axes a and b, and ¢*> = (a*> — b?)/a? is the eccentricity
of the ellipsoid squared.



2.3 Coordinate Systems 37

Next we present the relationship between the Cartesian and ellipsoidal coordi-
nates (u, 5, 1) (see Fig. 2.3)

x =V u?+E? cosf cosi
y =V u*+E? cos f§ sin/ (2.22)

z=usinf3,

where:
E =ae=Va? — b?

is the linear eccentricity.

By considering a point on the reference ellipsoid (i.e., with # = 0 and u = b), it
follows from the above equations that geocentric, geodetic and reduced latitudes
(Y, @, B) are related by the equations

_

VA2 +y?

The Cartesian coordinates can be determined from the curvilinear coordinates
above by straightforward transformations. The inverse transformations are much
more cumbersome to derive, unless the computational point is located on the ref-

erence ellipsoid. An exception is the longitude, which for all three curvilinear
coordinate systems above is the same and can be determined by:

Yy

x+\/m.

=tany = (1 —¢*) tanp = V1 — €2 tan f. (2.23)

A = 2arctan (2.24)

R R a /
- Sl
L\“‘ e A * fota
;,01‘3“ - u // b e .
W R P
4
; a &% .

; b &/ B 5

/ y \
v/ o j _—
| + y

Fig. 2.3 Relations between Cartesian coordinates and geocentric, geodetic and reduced latitudes
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Equation (2.19) can be inverted to provide the spherical coordinates (r, ) from
the Cartesian ones by:

tan |/ :§ and r=+/p?+22, (2.25a)
where:
p= x2 +y2 (225b)

From Eq. (2.22) one obtains the inverse transformation from Cartesian coordi-
nates to ellipsoidal coordinates by:

= \/ (wz /WA +4E2z2> V2 (2.26a)
and
%,/ u)? .
tanﬁ—p 1+ (E/u), (2.26b)
where:

w? =p?+7 — E%. (2.26¢)

There are numerous solutions in the literature to the geodetic latitude ¢ and height
h; some solutions are iterative (e.g. Heiskanen and Moritz 1967, p. 183; Fukushima
2006; others are approximate, (e.g. Hoffmann-Wellenhof et al. 2008, p. 280):

2+ (¢)?bsin’ o

2.27
p—e2cosPo ( )

(p = arctan

where the auxiliary argument o is given by:
tano = z/ (p\/l - e2) and  (¢)’= (a® — b?) /1%, (2.27b)

and there are also several exact solutions (see below).

Two efficient iterative methods were presented by Fukushima (2006) by
applying Halley’s third-order method to solve non-linear equations (Danby 1988).
This method can be derived as follows. By squaring and adding the first two of
Eq. (2.20), one obtains:

p = (N+h) cos o, (2.28)
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and from this equation, and the last equation of (2.20) 4 can be eliminated, resulting
in an equation in ¢ alone:

flo)=ptangp —z — da—n? 0, (2.29a)
1 —e2sin’ @

and by taking advantage of Eq. (2.23), one finally obtains:

T
— =0,
V1+T2

F(T) = PT —Z — ¢ (2.29b)

where P =p/a, Z = z/a and T = tan 5.
Applying Halley’s third-order method, the iteration for 7 uses the formula

F(T,)
F/(T,) = F'(Ty)F(T,)/(2F'(T,))

Tpor =T, — (2.30a)

where n is the iteration step and the first- and second-order derivatives are:

F(T,)=P—¢/(1+T12)"? and F'(T,) =3&T,/(1+712)°%.  (2.30b)

As the second-order derivative is rather cumbersome, it may be neglected,
yielding Newton’s second-order iteration formula

F(T,)

Tn+1 =T, _F,(T)
n

(2.31)

A suitable start value for 7,, could be Ty = Z/[P(1 — €?)].

Fukushima (2006) showed that this iterative method is faster than any of the
other methods published for the transformation of Cartesian to geodetic coordinates
at an accuracy within 6” x 107 for elevations ranging between —10 and
30,000 km.

Note that the iteration using the latitude as an argument will have a problem for
high latitudes. In such situations, Sjoberg (1999) proposed iteration by using the
co-latitude. Another way to circumvent the problem close to the pole is to substitute
the unknown latitude ¢ by: ¢ = ¢ F /4.

An exact solution of geodetic height and latitude (Sjoberg 2008; slightly revised)
reads as follows.

By introducing the new unknown k = (N+4)/N one obtains the following
equations from Eqs.(2.20), (2.21) and (2.23):

P = (X*+y*)/a* = k*cos’B (2.32a)
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and
0=7(1-¢é)/a* = (k—€*)sin® B, (2.32b)

and by combining these two equations such that f is eliminated, one arrives at a
fourth-order equation in k:

Py 2 (2.32¢)

Using the notations
r=(P+0—¢€")/6 and s=PQe*/(4r) (2.33)

followed by

t= \3/ l4+s+V2s+s2, u=r(1+t+1"), v=Vu2+e*P

62V+”_P
v

(2.34a)
and w=

the only real and positive solution for k£ becomes

12
k=w++vVw?2+v+u and also W:k\/kz_ieezp. (2.34b)

Inserting (2.21) into the definition of k above (2.32a) the geodetic height can
now be determined by

h:%(k— ). (2.35)

If P is small vs. Q then the latitude is given by Eq. (2.32a) as

@ = +arccos(W+/P/k)(with the same sign as z). (2.36a)

Otherwise Eq. (2.32b) yields

k
¢ = Farcsin (k — “kz —Q62P> (with the same sign as z). (2.36b)
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Fig. 2.4 Spherical distance/ i
geocentric angle |/ between Po P
the radius vectors for points Py
Py and P
R
Tp

2.4 Legendre’s Polynomials

Legendre’s polynomials and spherical harmonics are important in regional and
global data representations. The generating function for Legendre polynomials is
the inverse distance between two points P, and P, located on a sphere of radius
R and outside the sphere at distance rp from the centre of the sphere, respectively:

1 1
- = ,
Fo VIR +RE=2rpRt  rpV1+5s2 — 2st

(2.37a)

where s = R/rp and t = cos {; Y being the centric angle between the radius vectors
for Po(R, @y, /o) and P(rp, @, X) (see Fig. 2.4). The angle is related to the latitudes
and longitudes of the points by the cosine formula from spherical trigonometry:

cos Y = sin @ sin @ + cos @ cos @ cos(L — Ao). (2.37b)

Equation (2.37a) can be expanded as a Taylor/binomial series in s, which can be
re-arranged into a series in Legendre’s polynomials P, () as:

Ipg =— > §"Pa(t); s<l. (2.38a)
If P is located inside the sphere, the series becomes:

1 o0
I = I—eZs”an(t); s> 1. (2.38b)
n=0

On the sphere (with s = 1), the series converges for { # 0:

l o0
Lt = EZP,,(I). (2.38¢)
n=0
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Differentiate each side of Eq. (2.38a) w.r.t. rp, multiply by —2rp and subtract the
inverse distance. Then, after a few manipulations, one obtains Poisson’s kernel
function

2

= (2n+1
13 Z P.(1); rp>R. (2.39)
PO n=0 P

This function is important in solving Dirichlet’s problem, the first boundary
value problem of physical geodesy (see Sect. 2.7.5).

Exercise 2.1 Make a Taylor expansion of the inverse distance and compare with
(2.38a) to show that Py(¢) = 1, Py(¢) =t and P,(t) = (3> — 1)/2.

The solution is given in Appendix.

Legendre’s polynomials have the following important properties:

|Pa] <1, Pn(l) =1, Pn(_l):(_l)n (2'40)
and

2n—1 n—1

P.(f) = P, (1) = Poat); n>2, (2.41)

By the recursive formula Eq. (2.41) the Legendre’s polynomial can be deter-
mined numerically to any degree.
Legendre’s polynomials are orthogonal in the interval —1 to 1, i.e.:

1 1

2
2 o o .
/ P (t)dt = il and / P,(t)P,(t)dt =0, ifn+#m. (2.42)
e 4

Exercise 2.2 Verify (2.42) for n = 0-2.
The solution is given in Appendix.
Legendre’s polynomials can also be determined by Rodrigues’s formula:

a -1

P"(t) = 2npldm ’

(2.43)

but this formula is less practical on a computer than the recursive formula.
From the ordinary Legendre’s polynomials, the (associated) Legendre functions
can be defined:

m/2 den(t) .
drm

Pun(t) = (1 - 7) m<n (2.44)

)

where m is the order. It is a basic component in spherical harmonics.
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2.5 Spherical Harmonics

A fully normalized (surface) spherical harmonic of degree n and order m can be
written (Sjoberg 1975, 1978):

N sinml if m>0
Y (0, 2) = NunPjm(cos 9){ cosm/l.  otherwise’ (2.452)
where:
(n—|m[)! .
Ny = 4 V2D hy o m#0 (2.45b)
V2n+1 m=20

is a normalizing factor that makes the harmonics orthonormal, i.e., they obey:
1
— [ Y..do=1, 2.46
4nﬂ nm 0= ( )

where (0, /) are the co-latitude and longitude, and they are orthogonal to each other
when averaged over the unit sphere (o):

1
4—// YimYudo =0, if n# kand/orm # L. (2.47)
n

Note that we use the notations Y,,,(0, 1), Yy, Yum(P) interchangeably when
there could be no misunderstanding.

Let a distance between two points in space be given by lp = \/r + % — 2rprt,
where ¢t = cos y and rp, r are the geocentric radii of the two points, separated by the
geocentric angle . Then Egs. (2.38a, b) can be generalized to:

o n

1/lp = Z#Pn(t); rp >r (external type series) (2.48a)
—'p
and
e8]
1/lp = Z nian( ), if rp<r (internal type series) (2.48b)

n=

e The Legendre’s polynomial P,(cos ) is related with the spherical harmonics by
the addition theorem

(27’! —+ 1 C0§ lﬂ Z Ynm nm ) (249)

m=—n

where P and Q are the endpoints of an arc on the unit sphere of geocentric angle /.
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Any (decent) function f on a sphere can be expanded as a harmonic series:

F=10,2) =" funYn(0,2), (2.50a)
n=0 m=—n
where:
1
fnm = E//fynmda (250b)

The function f may also be written as a Laplace series

F=F0,7) = 2 £(0.7), (2.51a)
where:
50,7 =20 // 1Pa(cos Y)do, (2.51b)
or, using the addition theorem (2.49)
Jn(0,2) = Z JoumYoum (0, 2), (2.51c)

m=—n

which relates the Laplace harmonics to the spherical harmonics.
The truncated series

Npax N

F0,2) =" fun¥um(0,2) (2.52a)

n=0 m=—n

has 14345+ - 4+ 2amax +1) = (1 + nmax)2 terms and an approximate
resolution of:

V° 2 180° /Mimax. (2.52b)

For n,,,. = 2159 (which is the case for EGM2008; see below) there are
4.665.600 terms and a resolution of about 5'.

The Newton integral of the Earth’s potential with u = gravitational constant
times density is:
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)
- // / K ardo. (2.53)
Ir
g 0

e It can be expanded in the external type harmonic series

V(P) = i (5) ' Vu(P), 1P > (Fe) maxs (2.54a)

rp

where:

n+2
Vu(P) = +1[// RanrY,lmda. (2.54b)

Here R is a selected radius (e.g. mean sea-level radius), and r, = r4(6, 1) is the
radius of the Earth’s topography.

e If rp <(ry)max the potential can be expanded in a combination of external and
internal type series

-y <§) e+ ) (=) viee), (2.554)

n=0 n=0
where:
n+2
‘(P Y, 2.
Vn( ) = 2n+1 // Wdr dO’ ( 55b)
and
Vi(P) = R—nd Yumdo (2.55¢)
" 2n—|—1 #r”*l o '

Note that the coefficients in (2.55b, 2.55¢) change for each radius rp.

Disregarding the atmosphere, the external type series in Eq. (2.55a) definitely
converges outside the bounding sphere, the Brillouin sphere, which touches the
peak of Mt. Chimborazo in Ecuador at elevation 6267 m with an Earth centre radius
of 6384 km. Although, in the strict sense, the series is likely to diverge inside this
sphere but be asymptotically divergent (Moritz 1980, Chaps. 6 and 7), it can be
applied to very high degrees without notable commission errors also inside the
sphere. However, when applied (analytically continued) inside topographic masses,
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the series is biased and should be corrected for this error (see Sect. 5.2.6). This is in
agreement with the approximation theorems of Runge-Krarup (Krarup 1969) and
Keldysh-Laurentiev (Bjerhammar 1975), which states that there exist harmonic
series that approximate the external type harmonic series arbitrarily well above the
surface and down onto the surface of the Earth, respectively, and converge all the
way down to the internal (Bjerhammar) sphere.

Integral formulas and equations on the sphere can frequently be derived and
solved, respectively, in the spectral domain by spherical harmonics. For examples,
see Sects. 3.3, and 8.2.

2.5.1 Spectral Filtering and Combination

2.5.1.1 Introduction

Here we derive the local least squares spectral filter for a stochastic function on the
sphere based on the spectral representation of the observable and its error covari-
ance matrix. Second, the local least squares spectral combination of two erroneous
harmonic series is derived based on their full covariance matrices. In both problems,
the transition from spectral representation of an estimator to an integral represen-
tation is demonstrated. Practical examples are given for the spectral filter and for the
combination of a series and an integral formula.

Taking advantage of the full covariance matrices in the spectral combination
implies a huge computational burden in determining the least squares filters and
combinations for high degree spherical harmonic series. A reasonable compromise
could be to consider only one weight parameter/degree, yielding the optimum
filtering and combination of Laplace series as outlined in Sect. 7.5.

Spectral combination of harmonic functions has proved to be a practical tool to
match various observables in physical geodesy (see Sects. 2.8.4, 4.4.4-4.4.6 and
Chap. 6). Early models along this line were presented by Sjoberg (1979, 1980,
1981) as well as by Wenzel (1981). In Sjoberg (1979) and partly in Sjoberg (1980),
integral formulas were presented for least squares combination of stochastic, ran-
dom heterogeneous data, while otherwise, more realistically, only the errors of the
data were considered stochastic. All these models have in common that the cor-
relations between different spectral degrees of errors are disregarded, and frequently
the models are based on minimizing the global variance or mean square error. See
also Sjoberg (1984a, b, 1986), which provide the basics of least squares modifi-
cation of Stokes’ formula. Also, Sjoberg (2005) presents a local modification of
Stokes’ formula using weighting by degrees. Considering that Earth gravitational
models (EGMs) are usually provided together with their full covariance matrices, at
least up to some specific degrees, and that the qualities of the models vary over the
surface of the Earth, all the information contained in the covariance matrices should
be utilized in the combined solutions. This article derives such solutions for filtering
and combination of EGMs, as well as in the combination of an EGM with an
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integral formula. See also Sjoberg (2011a). Most of the following subsection is a
reprint of Sjoberg (2011b).

2.5.1.2 Local Spectral Filtering

Let the gravity field related function v be developed into a finite series of spherical
harmonics Y,,,(0, 1) on the sphere

Nmax

v=1v(0, 1) Z Z Vo Yo (0, 1), (2.56)

n=0 m=—n

where v, are the harmonic coefficients, ny,x is the maximum degree of expansion
of the series and (6, 1) is the (co-latitude, longitude) of the function. Consider the
unbiased and biased estimators of v:

= Z Z D Yum (0, 1) = €TD¥V, (2.57a)
n=0 m=—n
and
= Z nmvnm nm 0 /L) Dv (257b)

=0 m——n

where p,,, is weighting parameter to be fixed,

Vi = Vam + AV With  E{dv,,} = 0, (2.57¢)
and D is a diagonal matrix with (nma +1)* elements (Yoo, Yi_1, ..., Yu_n ).
Furthermore p and v are vectors with obvious elements, and €T = (1,1,...,1).

The error of the unbiased and biased estimators can be written:

Nmax

di' =" Z VYo (0, 2) = €"Ddv (2.58a)

n=0 m=—n
and

Tmax

Z Z @nmdvnm +vnm (an - 1)]Ynm(97 i) = PTDdV+ (PT - eT)DV-

n=0 m=—n

(2.58b)
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Assuming that the covariance matrix of the error vector dv is Q, one obtains the
following variance and Mean Square Error (MSE) of V' and ¥, respectively:

o> = e'DQDe (2.59a)
and
MSE(7) = p"DQDp + (p" — e")Dw'D(p —e). (2.59b)
The spectral filter solutions are provided by Eq. (2.2b), and the optimum filter is
the one where the filter parameters p,,, are chosen such that the MSE is a minimum.
This choice for filter parameters is thus obtained by differentiating the MSE w.r.t.
p and equating it to zero. The result is the matrix equation
(DQD +Dvv'D)p — Dvv'De = 0 (2.60)
with the solution

p = (DQD +Dvv'D) 'Dvv'De. (2.61)

Hence, by inserting Eq. (2.61) into Eq. (2.2b), the Local Least Squares Spectral
Filter becomes:

p—p™DV = &' [I ~ DQD(DQD +vaTD)‘1} Dv (2.62a)
with the mean square error

MSE{7} = e"DQDe — ¢"DQD (DQD + vaTD)“DQDe, (2.62b)

and Egs. (2.62a, b) can also be simplified to:

b = ¢"Dv — e"DQ(Q+w") ¥ (2.63a)

and
MSE{7} = ¢"DQDe — e'DQ(Q + vv") ~'QDe. (2.63b)

Equations (2.59a) and (2.63b) show that the MSE of v is smaller than the
variance of V. As vvT is not known, there is a practical problem in applying
Egs. (2.63a, b). However, Q—i—vvT is unbiasedly estimated by ﬁ'T, and, by this
substitution, the filter and its covariance matrix can be realized.
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2.5.1.3 Generalized Filtering

Here we assume that a function w(0, 1) is related to function v(0, 1) by the har-
monic series

w = W(H, )v) = Z Z knmvannm(07 )‘)7 (264)

n=0 m=—n

where &, are known coefficients (possibly functions of radial position). In analogy
with above, the general estimator

W= wmVim Y 0,4) = TD{’ 2.65
Y > a (0,)=q

n=0 m=—n

is optimized in the least squares sense by the weight vector
4= (DQD+Dv"D) 'Dw"Dk = [1 - DQD(DQD +DW'D) "' |k, (2.66)
yielding the least squares estimator
W =K"DV — K"DQ(Q+ w") ¥, (2.67a)
with the minimum mean square error (with respect to choice of q)
MSE{#} = k"DQDk — k"DQ(Q + vv") "' QDk. (2.67b)
Comparing Egs. (2.64) and (2.67a), we notice that g, = Pu,, Which we will
take advantage of in the integral representations that follow below.
2.5.1.4 Integral Representation of the Filter

Assuming that the spherical harmonics Y,,,,(6, 4) are fully normalized, it means that
they are mutually orthonormal, i.e.:

// Yo Yudo = {43’ i (nm) = (k1) (2.68)

otherwise.
a

Then we can express Eq. (2.67a) by the integral

Wp = % // K(P,Q)vdo, (2.69a)
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where the kernel function K (P, Q) becomes:

Tlmax n

K(P7 Q) = Z Z knmﬁnmynm(eP»/ALP)Ynm(HQa /“Q) (269b)

n=0 m=—n

Here Q is the integration point on the unit sphere (denoted by o).

Example 2.1 Use Eq. (2.69a) to estimate the disturbing potential Tp at the radius rp
from the gravity anomaly Ag on the sphere of radius R.

Solution Choosing k,,, = 0 for n<2 and ky,, = rp/(n — l)(R/rp)"+1 forn>2, the
solution is obtained by:

Tp= ;—’; // S(P, 0)Azdo, (2.70a)

where:

Nmax 1 R n+1l n A
S(P7 Q) = Zzn ] (;) Z pannm(P)Ynm(Q)- (270b)

n= m=—n

2.5.1.5 Local Spectral Combination

Let # and v be two unbiased estimators of the finite harmonic series v, given by
Eq. (2.56). Let the estimators be expressed by the series

=" ity Yun(0,2) = e"Dit (2.71a)

n=0 m=—n
and

7=3 3" Buntun(0,7) = "DV, (2.71b)

n=0 m=-—n

where both sets of coefficients i,, and v,, are unbiased estimates of v,, with
random errors du,, and dv,,, respectively, and the last parts of the equations are
obvious matrix representations. We will assume also that the errors of the coeffi-
cients have expectations zero, and their covariance matrices will be denoted:
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E{dudu"} =%, E{dvdv'} =Q, and E{dudv'}=Q. (2.72)

The general unbiased spectral combination of the two series of Egs. (2.71a, b)
can be written:

w=p'Du+ (e" —p")DV, (2.73)
where, again, p is a weight vector. The error and variance of this estimator become:
dw =p'Ddu+ (e" — p")Ddv (2.74)

and

oy, = E{dw*} = p"DEDp + (" — p")DQD(e — p)

2.75
+p'DQD(e — p) + (e' — p")DQ"'Dp. (2.73)

The least squares choice of p minimizes the variance, and this minimum is
attained by differentiating Eq. (2.75) w.r.t. p and equating to zero. The result is:

DMDp — D(Q — Q)De = 0, (2.76a)
where:
M=X+Q-Q-Q (2.76b)
with the solution
p = (DMD) 'D(Q — Q)De = D"'M~'(Q — Q)De. (2.76¢)

Hence, the least squares spectral combination becomes:
w=eDQ-Q")M 'u+e'DEZ-QM'v (2.77a)
with the variance

o;, = e'DQDe — e'D(Q — Q" )M ' (Q — Q)De. (2.77b)

2.5.1.6 Generalization

Let us assume that the function
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Nmax n+1 n
w=w(r,0,i) = <5> > WanYum (0, 2), (2.78)
r
n=0 m=—n

where r > R, is a 3D function, unbiasedly estimable on and outside the sphere of
radius R by the functions #(0,1) and v(0,.) on the sphere. Then the general
unbiased estimators for w can be written:

Mmax n

R n+1
wy = Z <_> Z fnmﬁnmymn((L /1) = fTDﬁ (2793')

n0 \I m=—n
and
Wy = 'y <5>n+l Z GumVumYoum (0, 2) = g"DV, (2.79b)
=0 \I m=—n

where the given coefficients f,, and g, bring the harmonics of # and v to those of
w, i.e. Wun = fumtum = &unVam- Also, vectors f and g have the elements

(R/r)"+l m and (R/r)" " ' g, With 0 <1 <npmax and —n <m<n.
A general unbiased combined estimator for w can be written:

Tmax Nmax

Z Z pnmﬁzmunm nm 0 ) + Z Z pnm gnmvnm nm(e )) (2803—)

n=0 m=—n n=0 m=—n

where p,,, are arbitrary degree/order weights. With matrix notations the estimator
becomes:

w=d"u+ (g'D—-h")y, (2.80b)

where d = Fp, h = Gp and p is the vector with elements p,,,,. Here F and G are
diagonal matrices with elements from vectors Df and Dg, respectively.
The variance of w becomes:
or, =d"E2d+ (g'D—h")Q(Dg —h) +d"Q(Dg — h) + (g'D — h")Q"d",
(2.81)

and its minimum is obtained by differentiating Eq. (2.81) w.r.t. p and equating it to
zero. The result is:

Hp — GQDg -+ FQDg = 0, (2.82a)
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where:
H = FXF + GQG — FQG — GQ'F.
Hence, the optimum weight vector becomes:
p=H"'(GQ — FQ)Dg,
yielding the optimum estimator for w
w=p'Fi+ (g D-p’ G)¥,

with the variance
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(2.82b)

(2.83)

(2.84a)

o2, =g'DQDg — p'Hp = g'D[Q — (QG — Q'F)H'(GQ - FQ)|Dg.

2.5.1.7 Integral and Series Combination

The estimator w, of Eq. (2.79b) can be expressed by the integral
1 ~
iy = — // M(r,0,2,0, )50, 2)dd,
4n
where the kernel function is given by:

Nmax n+1 n
M(V, 6; /la 9/3 /1/) = Z (f) z gannm(ev )v)Ynm(e,a /1/)

n=0 m=—n

It follows that Eq. (2.80a) can be rewritten as

P 1 PN Mmax n A B
w = E// M(r7 67 ;\47 0 7)\, )V(H 7)\4 )d0+ Z Z pnmf;lmunmynm(07 )u)7

n=0 m=—n

where:

Nmax n+l n
M(r,0,,0, ) = <5> S (1 ) om0, 2) Yo (0, 7).
r =—n

(2.84b)

(2.85a)

(2.85b)

(2.86a)

(2.86b)
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Example 3.1 Geoid height estimation from an EGM and an integral formula with
estimated gravity anomaly Ag.

The least squares estimator for the geoidal height is given by Egs. (2.86a, b) for
fom = R/7, ttm = Tyms ¥ = AZ, gum = R/(n — 1), r = R, and the degree summation
in Eq. (2.86b) starts at ny,;, = 2. The result is:

R Mimax n
/ (0,2,0,2)Agdo + — 5 S PumTamYam(0,2), (2.87a)

47—5? n=2 m=—n
where:
Y, 7nnm 1 < o VY
S(e,z,e,x)f;—n_ lmf_n(l Do) Yo (0, 2) Y (00, ). (2.87b)

The least squares weights are given by Eq. (2.83) when considering the above
choices of f,,, and g,,.

2.5.1.8 Filtering and Weighting by Laplace Harmonics

So far we considered filtering and weighting by spherical harmonics. From a
numerical point of view, when considering the large dimension of the matrices to be
inverted, e.g. Q + vv in Eq. (2.63a), it could be reasonable to modify the technique
to one weight factor/degree. This is obtained by considering that Eq. (2.56) can be
written as the series of Laplace harmonics

= x,(0,7) Z Vo Yum (0, 2), (2.88)

m=—n

which yields:
V= X (2.89)

Similarly, the estimator of Eq. (2.57b) and its error can be expressed as:

v = ZO Pukn = p'X (2.90a)
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and
7= [pudiy + (pa — 1)x,] = pTdx + (p” — € )x. (2.90b)
n=0
Hence, the MSE of v becomes:
MSE(7) = p'Qup + (p" —€")xx"(p —¢) (2.91)
with the least squares choice for the weight vector:

P = (Qu+xx') “xxe. (2.92)

Finally, the filtered estimator becomes:
17 -
= |:I — Qx (Qxx +xx ) :|X (293&)
with the MSE

MSE{7} = €TQye — €T Qyy (Que + W) ' Quee. (2.93b)

Similarly the generalized filter of Eq. (2.64) can be obtained for the restriction of
the number of weights to one/degree, and the integral representation of the filter

becomes:
. 1 -
ip = // K(P,Q)ido, (2.94a)

where:

Mmax

K(P,0) =Y  (2n+ DkppPu(cos ). (2.94b)
n=0

Here P,(cos ) is the n-th Legendre’s polynomial, and v is the geocentric angle
between the computation and integration points.

Finally the least square spectral combination for degree weighting corresponding
to Egs. (2.77a, b) can be written:

w=e'(Q-Q" M la+e"(Z-QM 'V (2.95a)

with the variance:
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o2 =e"Qe —e" (Q-Q")M ' (Q-Q)e, (2.95b)

where u and v now means vectors of Laplace harmonics, and Q, X, Q are the
corresponding covariance matrices, and M is again defined by Eq. (2.76b).

2.5.1.9 Conclusions

The above solutions are the locally optimum spectral filters and combinations of
functions on the sphere in the sense of minimum MSE. They utilize the full
covariance matrices of the stochastic errors of the parameters representing the
functions. In the most advanced cases, this implies that the total covariance matrix
of a given EGM is employed, implying a considerable computational burden. This
workload can be relaxed by considering only spectral weighting by degree, yielding
the filter and spectral combination of Laplace series (see e.g. Sects. 2.8.4 and 7.6).

The above study includes the theoretical derivations of general filters and
spectral combinations of harmonic series or a harmonic series and an integral
formula, and the solutions should be suitable for solving both direct and inverse
problems on the sphere.

2.6 Ellipsoidal Harmonics

As the Earth is rather a two-axis ellipsoid than a sphere, ellipsoidal harmonics are
better suited than spherical ones for global modelling. The relation between
Cartesian and ellipsoidal coordinates was presented in Eq. (2.22). The Laplace
equation in ellipsoidal coordinates and its solution for the exterior case were derived
in Heiskanen and Moritz (1967, Sects. 1-19 and 1-20). The solutions are:

>’V ov oV
P+ Ecos’ 0)AV = (W +E) - +2u—+ —
(u? + E? cos? 0)AV = (u? + E%) 5 + U T 5

2.
oV u*+E*cos’ 0 0*V (2.96a)
+ cotl0— + T o A A 0
00 (u*+E?)sin” 0 04
and
o0 n . E .
Ve 0.0 =3 S L WEZ Ly 0.5, (2.96b)

n=0 m=—n Qnm(lb/E)

where O,,,() are associate Legendre’s polynomials of the 2nd kind, and A are
normalized harmonic coefficients on the ellipsoid, while Y,,, are the surface har-
monics. This implies that the potential on the ellipsoid can be expressed:



2.6 Ellipsoidal Harmonics 57

Ve(ba 67 /“) = ZOO: i: Znnlynm(ga;“)7 (297)

n=0 m=—n

where Q = 4mab is the area of the ellipsoid with a and b being the semi-axes of the
ellipsoid. Starting from Eq. (2.96b), the disturbing potential, the gravity anomaly
and other gravity related quantities can be represented in ellipsoidal harmonics.
Equation (2.97) indicates that a series of surface spherical harmonics can represent
a function (not necessarily a potential) on a rather arbitrary surface.

One important application of ellipsoidal harmonics was utilized in the devel-
opment of the Earth Gravitational Model 2008 (Pavlis et al. 2012). In this tech-
nique, which was already tested in earlier OSU EGMs, a preliminary EGM is first
determined from a global set of 5’ equal-area mean gravity anomalies analytically
downward extended to the reference ellipsoid. From this set of data, “terrestrial”
ellipsoidal potential coefficients were solved from an overdetermined linear system
of equations of coefficients A,,, from harmonic degree 2 complete to degree and
order 2159, and these coefficients were transformed to spherical harmonics by the
method of Gleason (1988, Eq. 2.10). In a second least squares adjustment, the
satellite only spherical harmonic model ITG-GRACEO3S, complete to degree 180,
and the “terrestrial” harmonics were merged into a final solution.

2.7 Fundamentals of Potential Theory

2.7.1 Basic Concepts and Formulas

Newton’s law of gravitation is fundamental to potential theory. It states that (the
magnitude of) the attracting force F between two point masses m; and m, at
distance [ is:

F = Gmymy | I?, (2.98)
where G (~6.67 x 10~'" Nm?%kg?) is the gravitational constant. From now on, we

set the attracted mass m; to 1 (unit mass) at point P (X, y, z) and the attracting mass
my = m at point Q (&,#,(). Then the 3-D attraction force at P can be expressed:

m
F=-Ggr, (2.99)

or, in Cartesian components (see Fig. 2.5):
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Plx,y, z)

X /
Fig. 2.5 Components of the attraction force F = , /FZ + F2 + F?

F, m x—¢
Fy | = —Gl—3 y—n|. (2.100)
F; z—¢

The potential energy V that the unit mass experiences at point P is called the
gravitational potential at P:

V:G?, (2.101)

and the potential is thus related to the vector of attraction (gravitation) by the
equation

T
F=grad(V)= (% % %) (2.102)

and its magnitude becomes:

AN A 1A
F = — — — . 2.103
\/(ax) +(3) + (%) (2103
The potential is a scalar quantity, and it is additive. The latter property implies

that the potential at a point P; can be determined as the sum of the potentials
generated by all surrounding point masses m;:

n

v = GZ';i (2.104a)
'ji

i=1

where [;; is the distance between points P; and P;. This equation can be generalized
to a closed body with volume v and density p:
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Vi = G// ——G// pdv (2.104b)

where [ = I;;. According to Eq. (2.102), the force vector becomes:

9 T1
F = grad /// 0)(1 ay] (?Z ) —dv. (2105)

e If the potential is generated by a materialized surface S with surface density
K = dm/ds, the correspondence to the 3D-Newton integral (2.104b) is given by

v=c || tas. 2.106a
I (2.1064)

N

This potential is continuous on and outside the surface, but its derivatives are
discontinuous at the surface. Hence, the normal derivative on the surface

becomes
0 (1
- G// k2 (2)ds F 2nG, (2.106b)
on\l
s

where the minus/plus sign applies to the exterior/internal side of the surface.

e Introducing pu = gravitational constant times topographic density into
Eq. (2.104b), the Newton integral of the Earth’s potential, can be written:

// / M irdo, (2.107)

where ¢ is the unit sphere and ry is the radius of the Earth’s surface.

e The potential can be expanded in the external-type harmonic series

(P) = Z <£> V”(P)’ rp Z (rf)ma)w (21083)

n=0

where:

o 2
Va(P) = 2n+1/// RanrY,,mda (2.108b)
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Here R is a selected radius (e.g. mean sea level radius), and r; = r(0, 1).

o If rp <(rs)a- the potential can be expanded in a combination of external and
internal type series:

00 R n+1 0 rp\T
= — V(P —) V(P 2.109
Z() 0+ Y () v (2.1092)
where:
rn+2
e(p ———drY,,d 2.109b
Vi(p) = 2M///uRMr - (2.109b)
and

Vi(P) = 2n+1 // / —71drY,,mda. (2.109¢)

m=—n

Note that the coefficients in (2.109b, 2.109¢c) change for each radius 7p.

2.7.2 Laplace’s and Poisson’s Equations

A function V is called harmonic if it satisfies Laplace’s equation:

? P
AV =0, where A=grad-grad ==+ - +

o o 9 (2.110)

Proposition 2.1 Every gravitational potential is harmonic outside the attracting
masses.

Proof Applying the Laplace operator to Eq. (2.104b), one obtains:

AVP:///pA<é>dv:0. (2.111)

This is because as P is located outside the masses, A(1/lp) =0 for all inte-
gration points in the body.

Corollary 2.1 (Poisson’s differential equation)
If P is located inside the attracting masses, then AVp = —4nGpp.

Proof The proof will be presented as an application of Gauss’ theorem below.
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2.7.3 Laplace’s Equation and Its Solution
in Spherical Coordinates

Laplace’s equation in spherical coordinates reads (Heiskanen and Moritz 1967,
p. 20):

10,0V 1.
55 (r E) + 5 AV =0, (2.112a)

where A" is the Beltrami operator (“the Laplace operator on the sphere”) defined
by:
0* 0 1 o

+ cot— +

A=~ — .
90? 00  sin? 09,2

(2.112b)

By introducing V as a product of two functions that separate the variables
(variable separation):

V(r,0,2) = R(r)Y(0, ), (2.113)

Equation (2.112a) can be written:

10 (,0R\  AY
1o <r ar) -2 (2.114)

The two members can be separated by adding an arbitrary constant to each
member. As will be shown, successful solutions are obtained by subtracting the
constant n(n+ 1) to both members of Eq. (2.114), which yields the two equations

10 (,0R
and
AY +n(n+1)Y = 0. (2.115b)

It can easily be checked that each solution to (2.115a) is an arbitrary constant
times " or r~ (1), Setting also Y = Y, in (2.115b), one can show that its solution
for each n is a set of solutions of the surface spherical harmonics Y,,,,(0, 1), where
m ranges from —n to plus 7.

Adding all partial solutions to V, its general solution becomes the sum of the
external and internal types of solutions in solid spherical harmonics:
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V = V€+Vi7 (2116&)
where:
ve="3"r 040 3" AL Y0, 2) (2.116b)
n=0 m=—n
and

Vi= f:r” Z By Y (0, 1) (2.116¢)

n=0 m=—n

are the external and internal solutions to Laplace’s equation, respectively. Here the
constants A,, and B,, are arbitrary, to be fixed for each specific problem with
gravitational masses at hand. On or outside the Brillouin sphere (surrounding all
masses), all B, are zero, while for the topographic potential representation at or
below the geoid (approximated by a sphere), all A,,,, vanish.

Note that Eq. (2.115b) implies that:

AYy, = —n(n+1)Y,,, forall n and m. (2.117)

2.7.4 Gauss’ and Green’s Integral Formulas

Gauss’ and Green’s formulas are basic formulas for potential theory. Here we
present some of their varieties.
Gauss’ (divergence) theorem for a closed volume v with surface S applied to the

vector F reads:
/// divFdv = // F - nds, (2.118)

v N
where n is the external normal unit vector to the surface S and

OF, OF, OF.

divF =V -F = — 4+
v v 8x+0y+8z

(2.119)

is the divergence of the vector F.
Assuming as above that F = grad(V), then divF = AV, and one obtains Gauss’
integral formula for the potential as:
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///dideu:///AVd _/ v o .120)

v

Green’s integral formulas are derived from Gauss’ formula by specifying the
components of F as:

ov
Fy =U— 2.121
X aX 9 ( )
where X = x, y or z and U and V are potentials.
Then it holds that:
19)%
F-n=F,=U—, 2.122
" on ( )

and from Eq. (2.119):

oUIV UV  dUIV
F = UA 2.12
div UN+ 5t o T (2.123)

so that Green’s formula I is obtained from Eq. (2.118) as
ou 8V ou 8V ou ov
A = — 2.124
///(U "t Ty T e &)d // FCRNCRED

If U and V are interchanged in Eq. (2.124), one obtains another equation, which,
subtracted from Eq. (2.124), yields Green'’s formula Il

/// (UAV — VAU) dv-//(UaV—V >ds (2.125)

In the above equations, it is assumed that U and V and their first- and
second-order derivatives are finite and continuous in the region v.
Finally, specifying U = 1/I in Green Il yields Green'’s formula ITI

/ﬂ AVdy =pV = // Egv an<lﬂd5 (2.126)

where:
4n, if P inside S

p=<2n if P on S (2.127)
if P outside S.

Here P is the computation point.
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Green III also holds if v is the exterior space to the surface S and n is the interior
normal to S, where:

—4n, if P outside S
p=<{ —2n, if P on S (2.128)
0, if P inside S.

Proof of Corollary 2.1 (Poisson’s differential equation)
From Eq. (2.120) one obtains for point P located inside the closed masses inside

volume 19:
/// AVpd¥ = /// AVpdY = & // 8—Vda
or
9 Do Oe
= Gsz//ﬁ@)da — —4nGpp as ¢ — 0
Oe\g P '

Here 9, and ¢, are the volume and surface of an infinitesimal sphere of radius ¢
centred at point P.

2.74.1 A Green’s Formula on the Sphere

Meissl (1971, p. 12), with reference to Hotine (1969), presented the following
integral relations derived from a Green’s formula on the sphere

// (V') -V*edo = — // fA gdo = — // gA'fdo, (2.129a)

where V* is the gradient operator on the unit sphere

v*:[% 0 }T, (2.129b)

cos PO

which is related to the gradient operator on the sphere of radius R, V, by:
o o]"
V=_V= [& d—)} : (2.129¢)

where x and y are local horizontal coordinates on the sphere.
If one specifies f = Y, and g = Y, it follows from Egs. (2.129a) and (2.117)
that:
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// (V' Y)YV Ypyda = — // YumA*Y,pydao

_ {47[”(”_'_ 1)’ if (n,m)=(p,q)

0 otherwise.

(2.130)

i.e. also the gradients of the surface spherical harmonics are orthogonal on the
sphere.

2.7.5 Boundary Value Problems

Stokes’ theorem states that, for a given potential V = Vg on a surface S, there is only
one harmonic potential V in its exterior (if it exists).

Proof The proof follows from the following form of Green I

J (i (32 () (5 o [ o3 e

Let us now assume that there are two potentials V; and V; in the exterior of S
that take on the same values on S. Then the difference potential U = V|, — V, on S
and its Laplaceian AU in v vanish, so that the integral reduces to:

Il <<aag)2+ (é;l;)z* @zj)z)d =0, (2.132)

v

implying that U is a constant in v. As U vanishes on S, it must vanish also outside S,
and it follows that V; =V, in v.

Stokes’ theorem confirms that the forward (direct) problem in potential theory
has a unique solution. On the other hand, the inverse problem (to determine the
mass distribution that generates the external gravity field) is not unique.

Here follow some specific forward problems:

Dirichlet’s (exterior) problem [or the first boundary value problem (bvp) of
potential theory] is to determine the potential V outside the closed surface S, given
the boundary values Vg If the surface is a sphere, the solution is Poisson’s integral
formula for the sphere.

Neumann'’s (exterior) problem [or the second bvp of potential theory] is to
determine V on and in the exterior of S from the given function 0V /dn on S. Here
n is the exterior normal to the surface. If the surface is a sphere, the solution on the
sphere is Hotine’s formula and in the exterior it is Hotine’s extended formula.

The third bvp is to determine the potential V in the exterior of S from boundary
values aV + bdV /0n on S, where a and b are constants. If the boundary values are
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gravity anomalies, the 3rd bvp applies for determining the disturbing potential. If
S is a sphere the solution is Stokes’ formula, which is the basic formula for geoid
determination from gravity anomalies. As we will see in Sect. 3.3, all three bvps are
useful in physical geodesy.

2.8 Regularization

Geophysicists and physical geodesists are frequently confronted with linear-inverse
problems, which can be solved in various ways. An inverse problem generally deals
with the problem of converting observations g to information w (of physical or
other origin) that generates the observations. Frequently the problem is ill-posed,
implying that the available (type of) observations are not sufficient to determine a
unique solution for w. This can be illustrated by Poisson’s integral formula in the
exterior space of the sphere, Eq. (3.31a). Assuming that there are no masses outside
the sphere of radius R, the forward problem to determine the disturbing potential or,
in this case, the gravity anomaly Agp at any point P outside the sphere from gravity
anomalies w on the sphere is given by the spectral solution

o) R n+2
Agp = — : R 2.1
=3 (5) w00 > (2.133%)
where:
wa(0, 2) Z W Yum (0, 2). (2.133b)

m=-—n

Consider next that the gravity anomaly is known on an outer sphere of radius rp,
and the task is to solve the inverse problem of finding the anomaly on the lower
sphere of radius R. Then we may develop Ag into spherical harmonics on the
exterior sphere, yielding the coefficients Ag,,, and, by comparing the spectral
components with those in Eqs. (2.133a, b), one obtains the spectral equation and
solution:

R n+2 N2
Agnm = () Wam = Wam = (E) Agnm, (2134&)
rp R

and formally the full solution becomes:

i( )n+2Ag,, 0,7). (2.134b)

n=0
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In this case, as there are no masses between the spheres, the solution exists for
erroneous observations, but in practice it will be severely ill-conditioned (more so
in higher-degree harmonics), due to inevitable erroneous observations.

A discrete ill-posed problem occurs from the discretization of an ill-posed
problem. A typical linear-inverse problem is that of estimating the density distri-
bution or density structure inside the Earth from gravity or related data observed on
or above the Earth’s surface. Such a problem can frequently be expressed as a linear
Fredholm integral equation of the 1st kind (e.g. Chambers 1976):

M{K(P,Q)w} = g(P), (2.135a)

where M {} is the integral over the surface of the Earth, or it is the mean value

()pel‘at()r over the unit Sphere ((7).
dO-, 2.1 I)

and K (P, Q) is the kernel function that relates the observations g at the observation
point P and w at the integration point Q. It goes without further discussion that
solving an integral equation (inverse problem) is a much more difficult problem
than that of just computing an integral formula expression (forward problem). This
is particularly the case if the integral equation is ill-posed.

A more general and difficult problem is that of solving a non-linear integral
equation. Such problems are treated in Ch. 8.

Below we will limit the discussion to that of solving Eq. (2.135a) in the case that
the kernel function is separable in the form of a series of Legendre’s polynomials

P,(cosy), i.e

(2n+ 1)k, Py(cos ), (2.136)
=0

n

where / is the geocentric angle between the points P and Q. Inserting Eq. (2.136)
into Eq. (2.135a) and interchanging summation and integration one obtains:

iknwn(P) =g(P) = ién(P), (2.137a)
n=0 n=0

where:

{ Z((zf)) } - 2n4: & { [ng)) } P,(cos lﬁ)} (2.137b)
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are the Laplace harmonics of w and g. Although these harmonics are functions of
position, below we will usually not specify this unless necessary for understanding.

From Eq. (2.137a), we may identify a relation between the unknown w,, and the
known g, as:

Kiip = 8n OF Wy = i—" if and only if k, % 0, (2.138)

n

and these relations hold also for the error free harmonics w,, and g,,.
In this study, we will always assume that k, # O for all degrees. Then, at least
tentatively, one may come up with a solution for the unknown as:

W(P) = f:w,,(P) - ién(P)' (2.139)
n=0

n=0 k"

However, this series does not necessarily converge, but in order to do so, g,
must be smoother than k,. More precisely, a square integrable solution for w exists
if only if the Picard condition is satisfied, i.e.

ZOO: (i—:>z<00- (2.140)

n=0

This condition can be satisfied either by truncating the unknown spectrum of
w to a finite degree, say, nmax, by smoothing the coefficients k, or both. In the first
case, despite the truncation, the solution will be affected also by high-degree signals
and the noise of the observations (spectral leakage; Trampert and Snieder 1996). In
the second case, by discretizing Eq. (2.135a), one implicitly smooths the solution
space to a finite set, corresponding to the selected block size on the sphere.
Approximately, by choosing the block size v° x v°, the resolution of the solution
will be limited to harmonic degree nm,x = 180/v°. The smaller the block size, the
more ill-conditioned the system of equations will be. As an example, Martinec
(1998, Sect. 8.6) performed a discrete downward continuation of surface gravity
anomalies from elevations as high as 2.425 m to sea level in the Canadian Rocky
Mountains by discretizing Poisson’s integral equation Eq. (3.31a—c). The iterative
solution worked well for observation grid sizes larger than or equal to 5, while it
failed for block sizes of 30” x 60" due to poor numerical conditioning.

Below we will study the solutions of Eq. (2.135a) by Tikhonov regularization,
Wiener filter and spectral smoothing and combination. Other types of discrete
regularization methods can be found in Hansen (1998).
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2.8.1 Tikhonov Regularization

One method for regularization of an ill-posed problem originates with Phillips
(1962) and AN Tikhonov in 1963 (see Tikhonov and Arsenin 1977). By this
method, Eq. (2.135a) is first discretized into a matrix observation equation, where
we assume that the system is over-determined, i.e. the number of observations is
larger than the number of unknowns. The result is:

KW=g—c=g, (2.141)

where K, w, g and € are the design matrix, vectors of unknowns, observations and
residuals, respectively. Assuming that the residuals are random with expectation
zero, and that there are no correlations among the individual residuals, the related
Tikhonov problem is to minimize the target function

E{e"e} +w'T'Tw (2.142)

for some choice of the Tikhonov matrix I'. According to Ditmar et al. (2003), the
problem of regularization includes two aspects: (a) the optimal choice of the reg-
ularization technique (i.e. of the regularizing functional or the regularization matrix)
and (b) the optimal choice of the regularization parameter. The regularization
matrix I' = «Q can be divided into three categories: zero-order Tikhonov regu-
larization with Q = I and first- and second-order regularizations, where Q is either
first- or second-order derivative operators (see Eqs. 2.143c, 2.143d). For I' = oI,
where o is a small positive constant and I is the unit matrix, the solution to the
minimization is given by the modified normal matrix equation

(K'K+’T)w = K'g (2.143a)
with the solution
w= (KTK+2°1) ' K"g, (2.143b)

where the matrix o’I stabilizes the original least squares solution obtained for
o = 0. As the stabilization has the less desired effect of making the solution biased,
the size of o should be a compromise between the bias and the expected observation
error propagation, and it must be sufficiently large to match the computer capacity
to solve Eq. (2.143a). Higher-order Tikhonov regularization operators are given by
(Hansen 1998, Chap. 8):
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-1 1 0 0 O

0o -1 1 0 O
Qu-t)xn = | : R S (2.143c)

0 0 -1 1
0 0 0o -1 1
and

1 -2 1 0 0O 0 0 0

o 1 -2 1 0 0 0 0
Quoypn=1|: S R (2.1434d)

0 O o 0 --- 1 =2 1 0

0 O o o0 --- 0 1 =21

which represent the first- and second-derivative operators, respectively.
Applying singular value decomposition, matrix K can be decomposed into:

K = UDV’, (2.144)

where U and V are matrices containing all the eigen-vectors U; and V; of K, and
D is a diagonal matrix constructed by the singular values (i.e., squares of the
eigen-values 4; of K) As the eigen-vectors are orthonormal, it follows that
Eq. (2.143a) has the solution

q  2y1T g q Tg
. .| - AU g U; gV,
w=V([D>+1) DU'g= Dy V, = lefi—)ﬁ , (2.145)

where the filter factor f; = )Liz / (;lz + ocz) smooths the solution for w. By taking the
statistical expectation of Eq. (2.145) and inserting the expected value for g from
Egs. (2.134a, b), it follows that each component w; of the computed vector is biased
by —ow;/ (7] + o).

Note. Here we discuss only the simple Tikhonov regularization by Eq. (2.145).
Other important methods can be found, e.g. in Hansen (1998, Sect. 5.1). In sta-
tistical literature Tikhonov’s method is known as ridge regression, e.g. Marquardt
(1970). Xu and Rummel (1994) presented such a technique, by introducing more
than one regularization parameter, based on the criterion of minimizing the trace of
the mean square error of the solution, to determine gravity potential harmonic
coefficients from satellite gravimetric data.

Let us finally mention that one simple way of smoothing the Tikhonov type of
solution is to limit the number of unknowns in Eq. (2.141), which corresponds to
limiting the number of discrete surface elements in the integral of Eq. (2.135a), see
for example the numerical study performed by Martinec (1998, Sect. 8.6).
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2.8.1.1 Numerical Methods for Determining the Regularization
Parameter o

There are some numerical methods for computing the regularization parameter o
given in Egq. (2.145). Most important are the L-curve and generalized
cross-validation methods (see Hansen 1998, Sect. 2). The L-curve displays the
trade-off between minimizing the residual norm (||g]l,= |[KW — g||,) and the
solution norm (||w||,) in the regularization problem of Eq. (2.143a). For discrete
ill-posed problems, it turns out that the L-curve, when plotted in logarithmic scale,
almost always has a characteristic L-shaped appearance. Using this technique, we
search for the point with maximum curvature as illustrated in Fig. 2.6. L-curve is
the most suitable graphical tool to compute the regularization parameter, which is a
plot for all regularization parameters of the norm of the regularized solution versus
the corresponding residual norm. This method plays a major role in connection with
regularization methods for discrete ill-posed problems.

Generalized cross-validation (GCV) is based on the assumption that, if the i-th
arbitrary element of w is left out, then the corresponding regularized solution should
predict this observation well, and the choice of regularization parameter should be
independent of an orthogonal transformation of w. Then the regularization
parameter, given in Eq. (2.145), is chosen such that the following function is a
minimum:

GCV = 2 (2.146)

Fig. 2.6 The L-curve A
(graphical tool for analysis of
discrete ill-posed problems)
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2.8.2 Wiener Filtering

In the Wiener filter (Wiener 1949), one assumes that the signals g with w and the
observation noise ¢ are all stationary stochastic processes with expectations zero
with known spectral characteristics, i.e. their covariance and cross-covariance
functions are known. The solution is practically the same as that for least squares
collocation (Moritz 1980) and kriging (Matheron 1963) in geodesy and geostatis-
tics, respectively.

Introducing a general estimator for w from a surface integral on sphere by the
formula

Ww(P) = Mo{h(P,0)&(Q)}, (2.147a)

where h is an arbitrary linear kernel function, the expected mean square error
(MSE) the estimator becomes:

i = E{(#(P) = w(P))* } = 01, (P) ~ 2Mo {h(P, Q)cen(Q,P)}
+ Mg [h(P, Q)Mx{h(P,X)cz(0,X)}], (2.147b)

where ¢, and cg; are the cross- and auto-covariance functions between the signals
marked by the subscripts, and ¢ (P) is the variance of w. The minimum of the MSE
is obtained for & satisfying the Wiener-Hopf equation (see also Sect. 2.2.2):

CWg(P7 Q) = MX{B(P7X)C§£’(Q7X)}7 (2148)
yielding the MSE
m = > (P) — Mo[h(P,Q)Mx{h(P,X)cz(0,X)}]. (2.149)

Assuming that the covariance functions are homogeneous and isotropic, they can
be written in the spectral forms

cze(X,0) = cge(X, Q) + cee(X, Q) :Z i+ a,)Py(cos ), (2.150a)
n=0
and
Cue(P, Q) = Zd P, (cos ). (2.150b)
n=0

Here c and a are the signal and error degree variances of g, while d,, = d,,(P)
are the s1gnal degree variances of the cross-covariance function. Notice that the
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latter is a function of position/elevation (only) if the estimated quantity lies outside
the sphere of computation.

Inserting the above series of covariance functions, as well as the series repre-
sentation for the kernel function 4,

h(P,Q) =Y hyP,(cosy) (2.151)
n=0
into Eq. (2.148), the least squares solution for 4 follows as:

XOO: 2n+1)—— +0_ P, (cos ). (2.152)

n=0 n n

Hence, by considering Eqgs. (2.147a) and (2.149), the least squares solution for
w and its mean square error become:

o0
dy .
W(P) = n 2.153
W( ) ;C,Z,—Hfﬁg ( a)
and
2 2 - d2
i’ = % — n§:0 Py (2.153b)

From Eq. (2.138), we also have the relation w, = g, /k,, which yields:

o0 2
A _ —1~ o
P) = ; fok g,  where f, = R (2.154a)
and
_ 2.2 2
— ;k o ,.Zk" 2 % z; c2+02' (2.154b)

As an alternative, Eq. (2.154a) can be written in the space domain as:

~ 4. [ 1. 02(@s0 (2.155a)

where the kernel function is:
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o0

(2n+ D)k, 'f,Py(cos ). (2.155b)
=0

n

2.8.3 Spectral Smoothing

Let us return to Eq. (2.154a)
W(P) =Y ik, ', (2.156)
n=0

where f, are now arbitrary filter parameters to be estimated such that the mean
square error of w is minimized. As the error of w is given by its random error and
bias, i.e.

o0

e = [fuky "en+ (fu — 1K, 2], (2.157)

n=0

it follows the expected MSE becomes:

EM{2}] Zkz{ 2 (-1, (2.158)

n=0

where ¢2 and ¢2 are the error and signal-degree variances of g. The minimum MSE
is achieved by differentiating the MSE w.r.t. each of the smoothing factors and
equating to zero. The result is:

2

=g (2.159)

and the least squares estimator w and its MSE are the same as in Egs. (2.154a, b).
Some of the theory and applications were presented in Sjoberg (1980, 1986,2011a, b).
The practical formulation in the space domain again becomes Egs. (2.154a, b).

2.8.4 Spectral Combination

We now assume that, in addition to the information given in above, there is an Earth
Gravitational Model (EGM) available to degree np,x that yields the unbiased
estimate w; (unbiased through degree 7,x)
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wp = wi, (2.160)

dwy = wiM (2.161)
n=0
and the variance (composed of the error degree variances )

Nmax

ooy =y oM. (2.162)
n=0

A general estimator for w, unbiased through degree ny,,x, can be formulated as:

W= k' pugat D (1= pa)wi™, (2.163)
n=0 n=0
with the MSE
it =3 {2 p2d+ (1 = pa)dei (2.164a)
n=0
where:
oM
GM __ 0y lf 1 < Amax
dey™ = {k,lzcﬁ otherwise. (2.164b)

Here p, are arbitrary degree weights, which are optimized in a least squares
sense by differentiating 72> w.r.t. each of them and equating to zero. The result is:

GM
=) S ar I 1< Tmax
k2o + o, -

ﬁn = 2 . (2165)
poR otherwise,
and the MSE becomes:
e 1262 GM 00 K22
~2 n“n"n n-n
m- = - =+ —n (2.166)
nz:; 02 + k2gGM n:r%; |02+ kel

Finally, the spectral combination can be formulated also as the sum of a surface
integral and a spectral series:
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// (P,0)g daQ+Z (1 — pn)*wSM, (2.167a)

=0

where the kernel function is:
K(P,Q) =Y (2n+1))k, ' puPu(cos ). (2.167b)
n=0

For applications of spectral smoothing and combination, see Sects. 4.4.4 and 7.5.
See also Sjoberg (1981, 1986, 2011a, b).

2.8.5 Optimum Regularization

Based on the above experiences, one may ask whether Tikhonov regularization can
be modified to share the properties of the Wiener filter and/or spectral smoothing,
namely to be optimum in the sense of minimizing the MSE. There are numerous
publications solving Tikhonov’s regularization problem by minimizing the MSE of
the solution. However, each such solution is optimal only w.r.t. the specified target
function, Eq. (2.142), i.e. for a specified Tikhonov matrix I'. Hence, the major
problem is thus to find the correct Tikhonov matrix for the optimum solution. For
this purpose, we rewrite Eq. (2.135a) as:

M{[K(Y)+Q()]w} = g(P), (2.168a)
where:
= Y (2n+ 1)gnPn(cos ). (2.168b)
n=0

Here g, are arbitrary parameters to be determined such that the target function,
the expected global MSE m%v of W, is minimized. As the spectral form of
Eq. (2.168a) can be written:

Wy =—5n (2.169)

a2 4 e
&, = 8 and o =T T

= 2.170
kn+qn  kn N T (2.170)
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and, by differentiating the MSE w.r.t. g,,, one obtains the least squares choice of the
parameters:

qn = kna,zi/Ci- (2171)

Inserting this choice for g, in Eq. (2.169) and summing up, one obtains the
solution

e} gl
Z 02 k1 (2.172)

which is the same as the solution by spectral filtering, Eqs. (2.156), with filter
factors given by Eq. (2.159).

However, the kernel function Q with parameters g, is a divergent series, as
02/c? > 1 for large n, which implies that the optimum regularization cannot be
realized in the limiting integral equation, Eq. (2.168a). However, in the numerical
approximation of the integral equation, we may approximate it by the matrix
equation

(K+Q)w=g (consistent) (2.173)

with the solution
w=(K+Q) g (2.174)

where the elements of Q are determined from a smoothed kernel function,
Eq. (2.168b), e.g. obtained by truncating the series to a maximum degree. (Such a
truncation is a reasonable approximation, as the numerical integration to a finite
number of integration blocks will automatically limit the frequency contained in the
solution.) In this way, the solution for w will be a smoothed spectral filter/Wiener
filter. The higher the degree of truncation in the kernel function for Q, and the more
precise the numerical integration is, the closer to the Wiener filter will be the
solution.

In the special case with all g, set to a constant &2, the function value for Q(0) is
still infinite, but the Tikhonov solution is consistent with the non-optimized Wiener
filter

3

o

(2.175)

:?V‘



78 2 Basic Mathematics

2.8.6 Spherical Harmonic Analysis

Let the unknown w be represented by the truncated series of fully normalized
spherical harmonics Y,,,,:

Tmax n

WP) = "> WanYun(P), (2.176a)

n=0 m=-—n

where the harmonics are orthonormal, i.e.

_IL i (nm)=(rs)
M{YunYr} = { 0 otherwise. (2.176b)

The task is to determine the spherical harmonic coefficients w,, from
Eq. (2.168a). Hence, by inserting Eq. (2.176a) and using Eq. (2.176b), we obtain:

Nmax

Z (kn + qn) Z Wim Yo (P) = g(P). (2.177)

n=0 m=—n

Then, by multiplying each member of this equation by Y,,,(P) and averaging
over the unit sphere, one finally arrives at the solution for the harmonic coefficients

1

kannM{g(P)Ynm(P)}. (2.178)

Wim =

If g, is chosen as k,laﬁ /cﬁ, this solution for the harmonic coefficients will be
optimal in the sense of minimizing the MSE. Finally, by applying these coefficients
in Eq. (2.176a), the optimum, truncated estimate of w is obtained.

The solution by spherical harmonic analysis has the merits of being stable and
not prone to spectral leakage as previous methods (see the different approach of
Trampert and Snieder (1996) and Spetzler and Trampert (2003), which suffers from
the problem of leakage). Its major drawback is the requirement of a global,
homogeneous coverage of data on the sphere. Finally, we mention that if an
independent set of harmonics of w is available, it can be combined with the above
harmonics in an optimum sense.

This method was applied [with g, set to O in Eq. (2.178)] in computing some of
the OSU Earth Gravitational Models in the 1970s and 1980s; see e.g. Rapp (1981)
and Rapp and Cruz (1986).
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2.8.7 Comparison

79

Table 2.1 summarizes a comparison of the inverse solutions by Tikhonov’s method,
Wiener filtering and spectral smoothing and combination.

The most important results are the following:

Tikhonov regularization is the solution by direct (approximate) solving the
original integral equation. The smoothing is performed in two ways: (1) the
original integral equation is approximated by a finite sum of unknowns and
surface elements, and (2) by adding the smoothing term o’I to the normal
matrix. All other methods use a direct integral formula for the solution.
Although the spectral solution of Tikhonov regularization (Eq. 2.145) resembles
the spectral forms of the Wiener filter and spectral smoothing, they are not the
same, as the Tikhonov solution includes the singular values and eigen-vectors of
the normal matrix (including the smoothing term), which vary w.r.t. chosen
block size and number of unknown parameters, while the latter are based on the
kernel, signal and error spectra. This implies that the individual observations
used in Tikhonov’s method can be weighted, but the additional feature of
spectral weighting in the other methods, is not possible.

The Wiener filter and the spectral smoother are identical solutions. However, the
assumptions and target functions differ. The former minimizes the (local) MSE
based on the known signal and covariance functions (correlation functions),
while the latter minimizes the global MSE base on known signal and error
degree variances.

Table 2.1 Comparison of regularization methods (Sjoberg 2012)

Method Equation Extra Target Assumptions
info. function

Tikhonov Integral o ele+ a1 E{e} =0

regularization equation

Wiener filter Integral 2, 62,d, |MSE Stochastic processes”
formula

Spectral smoothing Integral 2, 62,d, Global MSE | Stochastic processes®
formula

Spectral combination Integral Crzn 5%7 d, Global MSE Stochastic processesb
formula

Optimum Integral c2,62,d, |Global MSE | Stochastic processes®

regularization equation

Harmonic analysis Integral a2 MSE Global data on the
formula sphere

“The stochastic processes are stationary processes with expected value zero

"The expected values of the observation errors are zero
“The optimum Q is approximated by the smoothed Q
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e The Wiener filter assumes stationary stochastic processes with statistical
expectations zero, while spectral smoothing and combination only assumes that
the observation errors are zero in expectations.

e By spectral combination the integral solution can be combined in an optimum
way with a priori information of the unknown function in the spectral domain.

e The solution by optimum regularization, described in Sect. 2.8.5, is the space
domain representation of spectral smoothing. The solution is a smoothed
spectral/Wiener filter. In the continuous case, the problem cannot even be for-
mulated, as the corresponding integral equation does not exist.

e Harmonic analysis needs data from all over the sphere. Among its merits are
resistance to spectral leakage and ill-conditioning.

2.8.8 Concluding Remarks

As discussed above, the numerical solution to an integral equation is frequently
ill-conditioned, and for ill-posed problems this is always the case. Then, a unique
and stable solution can be obtained, at the prize of a bias, by introducing some kind
of smoothing. The numerical Tikhonov types of solutions involve solving a matrix
equation, where the biases are based on some criterions. In contrast, the solutions
by Wiener filter and spectral smoothing and combination are more computationally
efficient, as they employ forward integration, or, numerically, matrix multiplica-
tions. This implies that Tikhonov types of solutions are particularly sensitive to the
choice of block-size in the numerical integration of the coefficients of the design
matrix, and the bias term o2 must increase when the block-size decreases. This
problem is not the case for the direct integration methods of Wiener and spectral
filtering and spectral combination, as well as harmonic analysis.

Finally we emphasize that spectral combination is more flexible than the other
methods, as it enables an optimal (with respect to minimum MSE) merging of dif-
ferent data. Also, harmonic analysis (possibly including spectral combination) is a
viable alternative, provided that the data can be made available globally on the sphere.

Appendix: Answers to Exercises

Exercise 2.1 From Eq. (2.37a) one obtains the Taylor series

_ (11
v r”l{l_;(sz_‘z”)*(2)1(><122)(s2—2st)2+...
37 -1
2

rpl{lJrstJrs2 + -,

and by comparing with Eq. (2.38a) the solution follows.
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Exercise 2.2 The left member of Eq. (2.42) yields for n = 0, 1 and 2:

1

1 1
32— 1\°
/1dt:2,/z2dr:2/3 and /< 5 )dt
-1

-1 -1

1

- [ (s, o _of 12
N 4 405 3 5
1

The second equation in Eq. (2.42) is shown in the same way.
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Chapter 3
Classical Physical Geodesy

Abstract This chapter presents the basics of classical physical geodesy, starting
from the definitions of the gravity potential and gravity. The normal gravity potential
is derived as the potential of a level ellipsoid plus the rotational potential of the
ellipsoid. Normal gravity, defined as the gradient of the normal gravity potential, is
presented on and above the level ellipsoid. The basic concepts of the geoid, reference
ellipsoid, disturbing potential and geoid height are defined, as well as the classical
definitions of gravity anomaly and disturbing potential. After derivation of the
fundamental equation of physical geodesy, the gravity field components of the
disturbing potential, gravity anomaly and its radial derivative are presented in
spherical harmonics, followed by Kaula’s power rule of the geopotential harmonics.
The classical integral formulas of Poisson, Stokes, Hotine, Vening Meinesz and the
vertical gradient of gravity anomaly are derived by spherical harmonics. Other
spherical integral formulas are derived for determining the gravity anomaly and/or
disturbing potential from deflections of the vertical (inverse Vening Meinesz for-
mula) and gravity gradient components. The classical procedures in geoid deter-
mination, including direct and secondary indirect topographic effects and downward
continuation of gravity and primary indirect topographic effect on the disturbing
potential, are described. Finally, the chapter deals with common height systems,
such as geopotential numbers, dynamic, orthometric and normal heights, as well as
normal-orthometric  heights. Some approximate formulas to correct
normal-orthometric heights to orthometric or normal heights are also presented.

Keywords Disturbing potential - Gravity anomaly - Height systems - Integral
formulas

3.1 Introduction

Most geodetic observations depend in one way or another on the Earth’s gravity
field, and both geodesists and geophysicists make use of geodetic data. Hence, a
basic understanding of physical geodesy is a natural part of a geodesist’s education
and broadens the knowledge of the geophysicist.
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Classical physical geodesy deals with handling and converting gravity data into
gravity anomalies and disturbances and applying them to estimate the geoid,
deflections of the vertical and gravity gradients. Also, geodetic height systems and
their determination belong to physical geodesy. Classical literature on the subject
are Heiskanen and Moritz (1967) and, to some extent, Heiskanen and Vening
Meinesz (1958).

3.2 Basic Concepts in Physical Geodesy
3.2.1 The Gravity Field

The Earth’s gravity potential (or geopotential) W is the sum of its gravitational
potential V and rotational potential Q:

W=V+Q. (3.1)

The gravitational potential is generated by the attraction of all the masses of the
Earth and its atmosphere, and

2 2
ﬁ:%(xz—FyZ) :%r2sin29 (3.2)

depends on the Earth’s angular velocity () and the position of the observer in the
(x, ¥)-plane of the global geodetic reference system. Here r is the radius from the
geocentre and 0 is the co-latitude (see Fig. 3.1.) The centrifugal force is the gradient
of the rotational potential.

Exercise 3.0 Show that the geopotential is not harmonic even in the exterior of
the Earth.

Fig. 3.1 The centrifugal z
force

>
>

Centrifugal force

equator
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Equation (3.1) implies that the gravity vector can be written:

g=(g & &) =—grad(W)=—grad(V) - grad(Q), (3.3)

i.e. it is the sum of the gravitational and centrifugal force vectors but with opposite
sign. (The sign is due to convention such that the gradient is directed towards the
attracting masses.) The magnitude of gravity

g§=/8tg +& (3.4)

varies between 978 Gal at the poles and 983 Gal at the Equator. This difference is
due to the flattening of the Earth towards the poles. This yields a gravity flattening
of (983 — 978)/983 = 1/197, while the Earth’s geometric flattening is 1/298
(see Sect. 1.5). The gravitational force unit Gal, named after the Italian astronomer
G. Galileo, is defined as 1 Gal = 1 cm/s. In practical physical geodesy, but also in
gravimetry and geophysics, the unit mGal is more practical.

Exercise 3.1 Assume that the magnitude of the gravitational vector is 983 Gal at
the surface of a spherical Earth model with radius 6371 km. Where on the model
are the maximum and minimum gravity and what is the difference?

Exercise 3.2 Consider a point at 60° latitude on the Earth model above. How much
would the direction of the plumb-line change and in what direction if the Earth’s
rotation stops?

Solutions to Exercises are given in Appendix 2.

3.2.2 The Gravity Field of the Level Ellipsoid

A level ellipsoid is an ellipsoid with constant surface potential. The gravity field of
the level ellipsoid is practically important, as it is used as the normal gravity field.
By subtracting the normal potential and normal gravity from the Earth’s potential
and gravity (both at the same point in the space), one obtains the much smaller
quantities called the disturbing potential and gravity disturbance, respectively.

o The Normal Potential

The normal gravity field is that generated by a level ellipsoid (Uy = constant), and
it is defined as the sum of the rotation potential Q (being the same as for the actual
geopotential) and the gravitational potential (denoted X below). As the level
ellipsoid is symmetric around the rotation axis, its gravitational potential can be
expressed as a series in ellipsoidal harmonics of Legendre’s polynomials in terms of
only even degrees, yielding the normal potential:
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" E 2(,,2 E2
( =X + Q Z Q2 lu/ X211P2n(Sin B) + %

2
<02, (ib/E) cos” 3, (3.5)

and on the level ellipsoid with u = b the formula reduces to:

Uu,p) = Z XonPon(sin B) + @’ cos2 p. (3.6)

However, as the normal potential is constant on the ellipsoid, implying that it is
independent of f3, and cos? § = 2[1 — P,(sin B)]/3, it follows that all coefficients
X,, of degrees other than zero and two vanish, Vo = Uy — V, and V, = a>w? /3. As
a result, the gravitational potential of the normal potential (the sum in Eq. 3.5)
becomes:

X(u, B) = (U() - a23w 2) ngz;g + a23w i gzgz:;g Py(sinf),  (3.7a)
where
Qoiu/E) = —i arctan(E/u) (3.7b)
and

05 (iu/E) :% [(1 +3Z—z) arctan(%) _ 3%] — ig(u). (3.7¢)

For large distances outside the ellipsoid one has:

(E) E E
arctan| — | & — ~ —,
u u r

which yields:

o (vy @@y E_1_Gu
S\ 3 Jarctan(E/B) ¢

The last equation implies that:

w’a®

GM
Uy = ——arctan(E/b
0 Earcan(/)+ 3
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so that one finally obtains:

w’d® q(u)

q(u) o (u? +E?)
3 q(b)

2

Uu,p) = —Marctan(E/u) Py(sin ) + cos’ . (3.8)

This formula shows that the normal potential is given by the four parameters M,
w, a and E, or M, w, a and b, that is the mass and angular velocity around the
symmetry axis and semi axes of the reference ellipsoid.

The first two terms in Eq. (3.8) yield the gravitational potential of the level
ellipsoid. It can be expressed in a series of spherical harmonics (see Heiskanen and
Moritz 1967, Sects. 2-9):

X(r,0) ZXZ"( ) Py, (sin 0)] (3.9a)
where
n+1 382n C—-A
Xon = (—1) m (1 — n+5nMEz). (3.9b)

Here C is the moment of inertia w.r.t. the axis of rotation, and A is the moment of
inertia w.r.t. any axis in the equatorial plane. As X5, is of the same order as the first
eccentricity (e = E/a) squared, it reduces quickly with the degree.

All the constants GM, a, ez, o and J, are specified in each geodetic reference
system, such as GRS1980 (Sect. 1.5), which means that the normal potential can be
conveniently determined everywhere on and outside the ellipsoid, either in a closed
form by Eq. (3.8) or as a harmonic series for the normal gravitational potential by
Egs. (3.9a) and (3.9D).

e Normal Gravity

Normal gravity () is given by:

ou 10U
y=-gradU=——5-=——5", (3.10a)

[u? + E? sin* B
Sy = W (310b)

is the line element for u, i.e. the change du yields the distance change s, du, and & is the
geodetic height, which is along the normal to the reference ellipsoid. Normal gravity
on the ellipsoid (y,) can thus be obtained from Egs. (3.10a) and (3.10b) by setting
u = b. It can be written in a closed form as (Heiskanen and Moritz 1967, Eq. 2.69)

where
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B o] o

where ¥ = /1 — e?cos? B, ¢’ = E/b, m = w*a*b/(GM) and, with q(u) defined as
in Eq. (3.7¢),

2 2 2
;oo uwt+E“dgq u u E
q'(u) =- £ E—3<1+E><1—Earctan; — 1.

Hence, normal gravity at the equator (f = 0) and pole (f = £90°) become:

GM me' ¢ (b) GM me' ¢’ (b)
Vo=—-|1—m—— d =— |14+ — 3.11b
Va ab m 6 q(b) an b (12 + 3 L](b) ’ ( )

which two formulas can be combined to:

Ya |, b GM 2
248 + 2 =3— —2w". 3.11
a + b a*b @ ( <)

The rigorous form of Clairaut’s theorem from 1738 relates the geometric and
gravity flattening by the equation

a=b V=V _ w’b (1 e’q’(b)>’
2q(b)

a Ya Ya

(3.12)

which can be verified by inserting b = av'1 — €2 and (3.11b) into the left member
of (3.12) and noting the definition of m above. Then one obtains:

— 1 [OY — \/1_2
Leftmemberzl—vl—e2+yb Va _7b " Va ¢

Ya Va

= Right member.

Somagliana (1929) derived the following elegant closed formula for the normal
gravity on the ellipsoid:

_ay, sin® § + by, cos® f _ay,cos? ¢+ by, sin® ¢

Yo = = s (3133)
0 Va2sin® f+b2cos? f \/aPcostp + b2 sin® ¢
which can also be written (Moritz 2000):
1 + ksin? b
Vo= g SR Py (3.13b)
1 —e2sin’ @ ay,

It is obvious that normal gravity on the ellipsoid depends only on the four
parameters a, b, v, and 7y,.
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One may also show that y changes approximately with elevation 4 by:

2h 5 3
V=G0 = — a1t mt (2m =3 ) sin o| + 2R, (3.14a)
a 2 az
or, with constants taken from GRS1980, as:
7 =70 = —Va[(a1 +azsin® @) b+ azh?], (3.14b)

where a; = 3.157 x 1077, a = —4.496 x 1071° and a3 = —7.374 x 10714,

For a rough estimation of the vertical gradient of normal gravity, one can start
from:

which yields:

dy Oy _

% Py oy .y
AP AP, XA d ~ ~
oh  Or r an

— N — R 6. 3.15
Oh? ~ or? r2 ( )

According to GRS80 the geometric and gravimetric flattenings are f~! =
298.257222 and f*' = 7,/(7, — 7.) = 188.5924, respectively.

3.2.3 The Disturbing Potential, Geoid and Gravity Anomaly

The geoid is an important reference surface in geodesy and geophysics. C. F. Gauss
(1777-1855) introduced it as a model for the physical figure of the Earth, and he
also defined it as the equipotential surface of the gravity field that coincides with
mean sea level over the oceans (and it continues as an invisible level surface
through the continents; Gauss 1828). From a practical point of view, the definition
must also treat the permanent tidal potential in one way or another. In 1983, IAG
adopted the zero-geoid for geoid determinations, implying that tidal attraction is
removed from gravity data, while the permanent tidal deformation is retained. See
also Ekman (1989). (This definition agrees with the standard definition of ortho-
metric and normal heights.)

Definition 1 The geoid is the equipotential surface (level surface) of the Earth’s
gravity field that most closely coincides with the undisturbed mean sea level (and its
continuation through the continents).

Disturbances are caused by ocean tides, streams, winds, variations in salinity and
temperature, etc, of the order of &= 2 m.
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Definition 2 The reference ellipsoid is an ellipsoid whose centre coincides with the
gravity centre of the Earth (geo centre) and its dimensions semi-major and
semi-minor axes are those that most closely agree with the geoid in a global sense.
Moreover, the potential of the reference ellipsoid (the normal potential) on the
ellipsoid equals the potential of the Earth (the geopotential) at the geoid.

In Sect. 7.4, we briefly discuss how to determine the potential of the geoid.

As both the geopotential (W) and the normal potential (U) are numerically large
quantities, it is convenient to introduce the disturbing potential, T = W — U, for
numerical computations. As both the geopotential and the reference ellipsoid (but
not 7T) include the rotational potential Q, it is obvious that (only) the disturbing
potential is harmonic outside the Earth’s mass (when neglecting the atmosphere).

As stated above, gravity is the gradient of the geopotential along the plumb line
(with opposite sign), and normal gravity is the gradient of the normal potential along
the normal to the reference ellipsoid (with opposite sign), which can be formulated:

ow ow ow .
g= e =TS e (gravity) (3.16)

and
U .
y=——=——m~——— (normal gravity). (3.17)
r

Here 7’ is the tangent of the plumb line, 7 is the normal to the reference ellipsoid
through the observation point, r is the radius from the geocentre and 4 is the height
along the normal to the ellipsoid. From these quantities, one obtains the residual
quantities

oT
dg=g—y~ = gravity disturbance (3.18)
r

and
Ag = g, — 7o = gravity anomaly, (3.19)

where g, and 7y, denote gravity at the geoid and normal gravity on the reference
ellipsoid, respectively. Traditionally, only the gravity anomaly could be
well-determined as the gravity disturbance requires that the geodetic/ellipsoidal
height of the gravity observation is known (which was not the case prior to the
advent of GNSS in the positioning of the gravity observation points).

Definition 3 The geoid height (N) is the normal distance from the reference
ellipsoid to the geoid (see Fig. 1.4.)

By making a Taylor expansion of the normal potential at the reference ellipsoid
along the ellipsoidal normal, one obtains for the disturbing potential on the geoid
(denoted by subscript g):
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ou
Tg:Wg—Ug:Uo—(UOJrN%Jr---):Ny0+~--7 (3.20)

where U is the normal potential on the reference ellipsoid. Hence, one obtains the
approximate Bruns’ formula (Bruns 1878)

Ty

N=—=, (3.21)
Yo
where the error is less than 0.02%.
By a similar Taylor series for y:
oT ay
— - ~ — N =+ 3.22
A R e R (Rl (3.22)

one readily arrives at “the boundary condition” or “fundamental equation” of
physical geodesy:

or oyT
Ag = ~ + oy (3.23a)

This relation holds on the geoid. Its spherical approximation, derived next, is
most important in physical geodesy. Starting from the approximations 0k =~ Jr and
7~ GM /r*, where GM = gravitational constant times mass of the Earth, one

obtains % ~ —2y/r, which expression inserted into Eq. (3.23a) yields the spherical
approximation of the boundary condition:

oT T
Ag=—5 =27 (3.23b)

This first-order differential equation in T is the fundamental equation of physical
geodesy. Its solution was first shown by Stokes (1849). One solution is presented in
Sect. 3.3.2.

Note that in Eq. (3.19), we introduced the classical gravity anomaly on the
geoid. In modern physical geodesy (see Chap. 4), there is no such limitation, but the
definitions of the gravity anomaly as well as the boundary condition (Egs. 3.23a
and 3.23b) apply to any point in space.

Exercise 3.3 Show that, under spherical approximation, rAg is harmonic in the
space outside masses. Hint: Consider that

rOT /Or = x0T /Ox + yOT /Oy + zOT | Oz.

The solution is given in Appendix 2.
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3.2.4 Harmonic Expansion of the Gravity Field

Spherical harmonics were introduced in Sect. 2.5. The disturbing potential can be
expressed as a series in spherical harmonics on and outside a sphere of radius R (=
the mean sea-level radius) by:

r=109) =Y (5)“1 S T, (3.242)

r
n=0 m=—n

or

T = i (g)nﬂn(g), (3.24b)

n=0

where (r,Q) is the 3D-position with r being the geocentric radius, Q = (0, 1) and
T, (Q) are Laplace harmonics. Inserting (3.24a) into the boundary condition (3.23b),
one obtains a harmonic series for the gravity anomaly:

r

X n—1(R\""*
Ag=Ag(r,Q) =) == > Tun¥um(Q)

00 R n+2n:0n e
= nz:; (7) n;n Agﬂm Ynm(Q) (325&)
or
00 R n+2
Ag = - Ag(Q2). 3.25b
=3-(3) sei (3250
The harmonics for T and Ag on the sphere are thus related by:
n—1 n—1
Enm R nm = 8n R ny (3 6a)
where
T, 1 T
)= Yumd 3.26b
< Agnm > 47 ﬂ ( Ag > ¢ ( )
and

(e,) = Canen ) = ] (g Jrtcoswnao. 6200

a
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It can be shown that Egs. (3.24a), (3.24b), (3.25a) and (3.25b) are the solutions
to Laplace’s equations in the exterior of the sphere for T and rAg, respectively. See,
e.g. Heiskanen and Moritz (1967, Sects. 1.8 and 1.9).

From Eq. (3.25a), one can also derive the radial derivative of the gravity
anomaly as:

08¢ (= Din+2) <’f)"+3rn<sz>. (327)

2
or — R

Comparing the series for T, Ag and 0Ag/Or, one can see that the relative
sensitivity (the power) within each parameter is pushed from 1 to (n — 1) and
finally to (n — 1)(n + 2). This is also seen in the power spectra (degree variances):

1

S -/ RV e |y,

(8Ag/8r o\ (0Ag/or): (n—1)>* (n+1) 2/R* | m=n
(3.28)

Hence, by observing gravity anomalies, and, in particular, its gradient, one can
determine more details of the gravity field then from the geopotential.

Already in 1963 (a few years after the launch of the first artificial satellite), W.
Kaula predicted that the geopotential harmonics attenuate by (“Kaula’s rule”’; Kaula
1966)

O(Cnmasnm) ~ 10—5/n2’ (329)

a formula that later has proved to be fairly accurate, and, even today, it is used for
comparison with the power spectra of Earth gravitational models and their error
estimates (see Chap. 4). In the determination of pure satellite-based EGMs, Eq.

(3.29) is commonly used to stabilize the solution to higher degrees than otherwise
would be possible, implying that many (old) EGMs are biased towards Kaula’s rule.

3.3 Integral Formulas in Physical Geodesy

Several integral formulas on the sphere are of fundamental importance in classical
physical geodesy. These are Poisson’s, Stokes’, Hotine’s and Vening Meinesz’
formulas as well the integral formula for gravity gradients. All these equations,
presented below, integrate gravity anomalies on the sphere.
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3.3.1 Poisson’s Integral

Consider the series expansion (3.24b) for the disturbing potential

=3 (5) @ ner (3.30)

n=0 p
where T,(Q) are the Laplace harmonics of T on the sphere of radius R given by

Eq. (3.26¢), which inserted into (3.30) and, after inter-changing the order of integral
and summation, yields Poisson’s formula in the exterior case (rp > R):

1
Tp=o // TP(rp, )do, (3.31a)
where

P(rp, ) = i (2n+1) (g) P,(cos), (3.31b)

n=0

or, in a closed form (see Eq. 2.39)

R 2 R2
P(rp,y) = %; where [p = /73 + R2 — 2rpR cos (3.31¢)
P

is Poisson’s kernel function in the external case of the sphere. (Frequently the
harmonics of degrees zero and one are excluded from the kernel.)

As rAg is harmonic (under spherical approximation), it can also be determined
by Eq. (3.31a) in the exterior space from surface values on the sphere.

3.3.2 Stokes’ Formula

Stokes’ formula (Stokes 1849) is the solution to the differential equation
Eq. (3.23b) in the exterior case. By expressing T, in Ag, (see Eq. 3.26a) and
inserting it into Eq. (3.30), one obtains a new series for T:

00 R n+1 R
Tr=> (= Ag,(Qp), rp >R, (3.32)

= \rp n—1

and, by considering (3.26c), one obtains Stokes’ extended formula and kernel
function after some rearrangements of terms (Pizzetti 1911):
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R
Tp = E// S(}’p, lﬂ)AgdG, rp ZR (3333)
where
o0 n n+1
P, , 3.33b
Ser ) =3 7 (5] Ao (3.33)
or, in a closed form,
R R RI R2 R l
S(rp ) =2 + —— 3L~ s¢<5+31 M) (3.33¢)
lp rp s rP rp

Note that Eqgs. (3.32)-(3.33c¢) lack terms of degrees zero and one. For rp = R,
Eqgs. (3.33a) and (3.33b) become the traditional Stokes’ formula and function. The
latter can be expressed:

Siy) = i Znnj an(cos V). (3.34a)

n=2 1
or, in a closed form:

S() =1+ sin"'w — 5cos(2w) — 6sinw — 3 cos(2w) In(sinw + sin” w);
w=y/2.
(3.34b)

If Eq. (3.33a) with rp = R is inserted into Bruns’ formula Eq. (3.21), one finally
obtains Stokes’ original formula for the geoid height:

4“3’0 // V)Agdo. (3.35)

This is a most important formula in physical geodesy. For a derivation in the
space domain, see Heiskanen and Moritz (1967, Sects. 2—16). The integral contains
no harmonics of degrees zero and one. As will be seen later, it can be applied in a
variety of ways for geoid determination. This is particularly the case when com-
bining it with an Earth gravitational model (see Chaps. 4 and 6).

Exercise 3.4 Consider Egs. (3.24b) and the b.v.p. (3.23b) and Eq. (3.26c). Prove
Stokes’ formula. Hint: Assume that 7 can be expressed by the series T =
>, Q,Ag, for some coefficients Q,,.

A solution is given in Appendix 2.
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Note: The solution (3.35) holds only if (a) Eq. (3.23b) holds strictly [ = physical
part of the direct ellipsoidal effect], (b) the integration takes place on a sphere [=
the dwc effect and the geometric part of the direct ellipsoidal effect] and c) there are
no masses outside the sphere [ = the direct topographic and atmospheric effects].
(See Sects. 3.4 and 5.4).

Stokes’ formula is the solution of a free boundary value problem in the sense
that the boundary, the geoid, is not known.

3.3.3 Hotine’s Formula

Differentiating Eq. (3.24b) w.r.t. » and changing sign, one obtains a harmonic series
for the gravity disturbance in Laplace harmonics T, (Q):

_E_ R r

T 00 1 /R n+2
58 = 0 = Zn+ <_> Tn(Q)a (336)
n=0

which yields the following relation between Laplace harmonics of the gravity
disturbance and the disturbing potential:

n+1
0 n — Tn- 3.37
g R (3.37)

Continuing similarly to the derivation of Stokes’ formula above, one finally
arrives at Hotine’s (extended) formula (Hotine 1969, p. 318)

R
Tp = E//H(rp,xp)égda; rp >R, (3.38)

where Hotine’s (extended) function is:

< 2n+1

H(erw):Z P

n=0

s"T2P,(t), wheres =R/rpandt=cos(y) (3.39a)

or, in a closed form (see Appendix 1):

2 —t+L
H(rp, ) = I~ ln%7 where L = /1 — 2st + s2. (3.39b)

Hotine’s formula solves the Neumann problem or the fixed bvp for the disturbing
potential on and outside the sphere that approximates the geoid. (A fixed bvp means
that the boundary is known/fixed.) Note that, in contrast to Stokes’ function,
Hotine’s function includes terms of degrees zero and one. Inserting (3.38) with
rp = R into Bruns’ formula, the geoid height is obtained.
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3.3.4 Vening Meinesz’ Integrals

The plumb line deviates from the normal to the reference ellipsoid, and this angle ®
is called the deflection of the seen in Fig. 3.2, the deflection in an arbitrary direction
is related to the infinitesimal change of the geoid height (dN) vs. an infinitesimal
distance ds, i.e.

dN

0= 5 (3.40)
where the minus is a sign convention. Traditionally, Eq. (3.40) was used as a finite
approximation in geodetic triangulation networks to determine geoid height dif-
ferences by astronomic deflections and trigonometric height differences (so-called
astrogeodetic determination of the geoid; see, e.g. Heiskanen and Moritz 1967,
Sects. 5-7). In particular, in the north-south and east-west directions, the deflection
components become:

ON ON
5__5__@ (3.41a)
and
ON ON

n= (3.41b)

"~ dy  RcosQdl’

respectively, and the total deflection is:

0=/ +p2 (3.41¢)

G

Plumb
line

Fig. 3.2 Deflection of the vertical versus ellipsoidal normal
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Applying the chain-rule one also obtains:

__oNoy __ONY
&= o Ox and 5= Wy (3.42)

and, by inserting Stokes’ formula (3.35) into (3.42) and considering the spherical
trigonometric relations:

oY  cosu oY  sina
xR and a—y——T7 (3.43)

one finally arrives at Vening Meinesz’ formulas (Vening Meinesz 1928):

{ } n/o//{ffff} BW) g (3.44)

Here « is the azimuth from the computation point to the integration point.

3.3.5 The Vertical Gradient of Gravity

The vertical gradient of gravity is sometimes of interest, for example, for a precise
downward continuation of the gravity observation on the Earth’s surface to the
geoid. The forward problem (to determine the gradient outside a sphere from
gravity anomalies on the sphere) can be obtained in the space domain from
Poisson’s integral (3.31a) for the harmonic function rAg as:

(rAg)
( i g) /Mrp, )Agdo; rp>R (3.45a)
P

with the kernel function

R(Z+R) R(r2—R)

Vpl%) I’pl%

M(r9) = o Plor ) =

, (3.45b)

or

(8(8Arg)> _ Agp+—//M (rp, W) Agdo. (3.45¢)
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In the spectral domain, one obtains from the harmonic series (3.25b):

aAg B o0 n+2 R n+3 .
(W)P——Z R <—> Agn(Q);  rp=R. (3.46)

n=0 p

On the sphere with rp = R, Eq. (3.45b) becomes (Heiskanen and Moritz 1967,
Sects. 1-18)

M) = lp = 2R sin%, (3.47)

o
lo

and (3.45c¢) takes the form

0Ag\ _ R [[Ag Agr R [[Ag— Agp
o ) =l Tl=x t || — 5 4% =R 3.48
(3r >p 2n// A ’ R ' zn// B o, (rp=R), (3.48)

where the last form is convenient for numerical integration. The function M () is
very local and attenuates quickly towards zero for increasing /, which implies that
it is usually sufficient to integrate in a small area/cap around the computation point.

3.3.6 The Inverse Vening Meinesz Formula

The following solution for the inverse Vening Meinesz formula is inspired by a
solution by Hwang (1998), but it is slightly different.

According to Egs. (3.41a), (3.41b) and the notation introduced in Eq. (2.129b),
the deflection components of the vertical are related with the geoid height by the
compact formula

1
(5) = ~VNg =~ V'No. (3.49)

A tentative solution for the inverse Vening Meinez formula can therefore be
expressed:

Agp = Af_;// [V*Fi(Yrp0)]" * VNodoy, (3.50a)

where the kernel function is of the form
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= Fi,Pu(cosp), (3.50b)
n=2

and its coefficients remain to be determined. To do so, we express the geoid height
as a harmonic series with coefficients N,,,, i.e.

=3 Nun¥un(0Q), (3.51)
n=2 m=—n
we use the addition theorem for spherical harmonics, Eq. (2.49), in Eq. (3.50b):

Filiro) =3 TS Tl P)Yan(Q), (3.52)

m=—n

and we consider the inner product between the surface gradients of spherical har-
monics from Eq. (2.130). Then Eq. (3.50a) becomes:

VOZ "H Z Ny Yo (P). (3.53)

m=-—n

However, the gravity anomaly on the sphere can also be expressed [cf. (3.25a)
with r = R]

Agp = “/Oz | Z Nannm (354)

and by comparing the spectra of (3.53) and (3.54) one arrives at

2n+1)(n—-1)

Fi, =
b n(n+1)

: (3.55)

and therefore:

= (2n+1)(n—1) = 1 1
= 2 n+1 ——————=P,(cos ) :;[2—Z—E}Pn(cos¢). (3.56)

As shown by Hwang (1998), the closed form of this kernel is (see also Appendix 1
for s = 1)

Fi(¥) :% + ln<1iv) (3.57)
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and its derivative w.r.t. } can be expressed:

where v = sin(i)/2).
Hence, as

V*F1(Wpg) = —F1' (pg) (cos o, sin o)

the closed form of Eq. (3.50a) becomes:
_ 7o / .
Agp = e Fi(Vpg)eordag,
v
g

where

egp = Egcosa +1psina!
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(3.58)

(3.59)

(3.60a)

(3.60b)

is the deflection at the running point Q with azimuth o’ towards the computation

point P.

3.3.7 The Geoid-from-Deflection Formula

By considering the Laplace spectral relation between the geoid height and gravity

anomaly (Eq. 3.32)

R Ag,
S n—1 7y

n I

it follows from Egs. (3.56) and (3.60a) that
R /
Np :E Fz(WPQ)SQPdJQ,
g

where in accord with Eq. (3.55),

F(y) = f: (2n+ I)Pn(cos V) = 200: E + ﬁ]P,,(cos v).

“—n(n+1) p

(3.61)

(3.62)

(3.63a)
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Hwang (1998) derived the following closed forms of the kernel (see also
Appendix 1 for s = 1):

) =-1- %coszp — 21In[sin(y/2)] (3.63b)
and
Fy(y) = —cot% + %Sin . (3.64)

3.3.8 Gradiometry Formulas on the Sphere

The observables available in gradiometry can be described by the symmetric
(gravity-) gradiometry matrix (the E6tvds tensor) G, consisting of the following set
of second-order derivatives (w.r.t. a local Cartesian coordinate system) of the
geopotential:

Wxx ny sz
G=|W, W, W.|. (3.65a)
W Wzy W

(If W is substituted by the gravitational potential, Eq. (3.65a) is named the
Marussi tensor.) The matrix holds as well for the disturbing potential

o Tm Txy sz
G=|T. T, Ty|, (3.65b)
sz sz Tzz

where Ty, = T\, Ty, = T, and T,, = T;,. Also, by applying the Laplace equation
in space, it holds that:

T+ Ty +Te: =0, (3.66)

and, therefore, there are only five out of nine independent observables in G.
Recalling the external type harmonic series for the disturbing potential

00 R n+1
T:Z;G) T,; r>R, (3.67)

and remembering that the local z-axis is along the radius vector with magnitude r, it
follows that:
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o0 n+2
= (5> "%IT”, (3.68a)
r
n=0
< (n+1)(n+2) (R\""’
T.. = —8g, = ZT ~) T (3.68b)
n=0
o0 R n+2n+laT 0 00 n+2
T, =—0g = — Z <7) Ox = EZ < > (n+1)&,,  (3.68¢)
n=0 n=0
and
oo R n+2n+18T 7)0 n+2
Ty =—0gy=— Z - Z (n+1)n,, (3.68d)
n=0

where the last steps in (3.68c), (3.68d) follow from Egs. (3.41a), (3.41b). All
Laplace harmonics refer to the sphere of radius R. By setting r = R in Eqgs. (3.68c)
and (3.68d), and equating each spectral harmonic, these equations can be inverted to:

&N R 1 [T
> ) == @) 3.69
(+) =527, (36

or

() 47y, // ( )dc (3.70)

which is Hotine’s integral formula applied to the mixed zx- and zy-gradiometry
components. As a result, we see that these components of the gradiometry matrix
are closely related to the deflections of the vertical.

From Egs. (3.69) and (3.70), one can derive the following relationships between
Laplace harmonics on the sphere:

n+25gn _ _(n+2)(n+1)Ag, _ (n+2)(n+1) T, (3.71)
R n—1 R R?

(Tzz)n:

and, by inverting each of these equations and summing up the harmonics, one
obtains the harmonic series

bg = RS Lk (3.72a)
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Ag= —Ri%@% (3.720)
and
s (T,
TJ@E(n+ ST (3.72¢)

which can also be expressed in the space domain by the spherical integrals

R
8§ = _E//Flz(w)Tzzdaa (3.73a)
R
Ag = 74__//F21(‘//)Tzzd0'7 (3.73b)
T
and
R2
- E// F3z(w)Tzzd07 (3.730)
where, once again using the abbreviated notation v = sin(y/2),
2n+1
Fi(y) = 2 nnj_rz Py(cos ) =1+v" =20 —rIn(14v7") (3.74a)
(2n+1)(n—1
Py =3 OV cosy) = ) —28y)  (74)

e (n+2)(n+1)

and

0 2n+1 1+v
F —60—3+(3t—1) 1 .
(Y ; nt2)(nt1) Pufcosyy) = 6v =3+ ) n( 2 )

(3.74¢)

These equations follow from Appendix 1 with s = 1.

Next we consider the horizontal components of gradiometry for gravity and
geoid determination. Considering the derivation of the inverse Vening Meinesz
formula in Sect. 3.3.6 and that V*T, = (TU TZ),)T, one may start from the integral
equation
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ogp = —ﬁ // [VK()]" *V*T.do = % // K'(Y)Ggpda, (3.75a)

g

where

Gop = (Te)geos o/ + (Ty) psin !, (3.75b)

and the problem is to solve for the coefficients of the kernel function

o0

K(Y) = KPu(cos ). (3.75¢)

n=0

Considering Egs. (3.50a) and (3.53), one can see that the first equation in for-
mula (3.75a) can be expressed by the Laplace series

(n+1)
5gP— ZOK" 2n+1 Z)n‘ (3763')

However, as there is also the simple relation among the Laplace harmonics for
dg and T,;

0gn = _(Tz)m (3-76b)
the solution for K,, becomes
2 1
K=" forn>1. (3.76¢)
n(n+1)

If the summation starts from n = 2, K(i/) equals the previously derived kernel
F,(y) of Egs. (3.63a) and (3.63b) with opposite sign, and F}(y) was given by
Eq. (3.64). Hence, the integral formula for the gravity disturbance becomes:

R
gp :E/ Fé(lﬁpg)GdeO’Q. (377)
4

Moreover, noting the following relationships between some Laplace harmonics

n—1_ R 0gy,

Agn =

it follows from Eq. (3.76¢) that:
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R !
Agp = E Hz(‘//PQ)GQPdO—Q7 (3783)

where, Hj (p) is the derivative of Hy (/pp):

2n+1)(n—1)

Hy(y) = P, (cosy 3.78b
) =3 Paeos) (3.780)
w.r.t , and

p 47'['})0/ H l//PQ GdeO'Q, (3780)
where, again, Hg is the derivative of:

< 2n+1
Hy(y) = ——Py(cos ¥). (3.78d)
3 ”Z; n(n+ l)2

Closed-form solutions are tricky to derive for Egs. (3.78b) and (3.78d), but for
numerical applications the series can be tabulated. However, applying Eq. (8.121),
closed forms of H) and Hj can be obtained. (see the derivation of Eq. 8.122b.)

3.4 Practical Considerations (DITE, DWC, SITE, PITE)

Traditionally, the observed gravity is continued downward to sea level by a free-air
correction, and the topographic signal is removed by applying the Bouguer cor-
rection and forming the Bouguer anomaly. However, the Bouguer anomaly is
usually large, and therefore the topographic effect is usually reduced by adding a
compensation attraction (see Sect. 3.4.3). All these corrections are applied as a
regularization, implying that the reduced gravity anomaly satisfies the spherical
approximation of the boundary condition of physical geodesy, whose solution is
Stokes’ formula.

3.4.1 The Free-Air Correction

Equation (3.19) shows that the traditional gravity anomaly is located on the geoid,
which implies that the observed gravity value at the Earth’s surface must be con-
tinued downward to the geoid level. This is handled by adding the free-air
correction
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B
F:—%HNQ%%HMQMMHmmL (3.79)
r

which is approximated as the vertical gradient of gravity, and the radial derivative
of the normal gravity stems from the approximation

dy 2y
v GM/P = L= 21 3.80
y /r:>8r r’ ( )

Hence, the free-air gravity anomaly becomes:

Ag=g+F — 7, (3.81)

3.4.2 The Bouguer Correction

The free-air gravity anomaly cannot be directly used in the integral formulas above,
because they are not valid if there are masses external to the sphere of integration.
Hence, the attraction of the topographic masses (A7) should be removed. The
resulting gravity anomaly is the simple or refined Bouguer gravity anomaly:

Ag? =g+F -y, - B, (3.82)

implying that AT is approximated by B the attraction of the Bouguer plate, an
infinite plate of thickness H. If we consider the standard topographic density

p =2.67 g/cm3, the Bouguer correction becomes (Heiskanen and Moritz 1967,
p. 131):

B = —2nGpH = —0.1119H [mGal for H in m| (3.83)

where G is the gravitational constant. As a result the simple Bouguer anomaly can
be written

Ag? = g — y, +0.1967H [mGal for H in m]. (3.84)

The refined Bouguer anomaly implies that the topographic correction is
improved by also adding an additional correction for the attraction of the terrain.
The goal is to remove the total topographic attraction A” (at the sphere of inte-
gration). In practice, the Stokesian integration was frequently carried out as a plane
approximation, where the area surrounding the computation point was divided into
sectors and compartments, and the topographic attraction of such elements could
easily be computed based on the attraction of a homogeneous cylinder (see
Heiskanen and Moritz 1967, Chap. 3), and for a refined solution a small correction
could also be added for the spherical shape of the Earth.
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3.4.3 The Direct Topographic Effect (DITE)

However, the Bouguer gravity anomaly is not a suitable gravity anomaly to apply in
the integral formulas, because this anomaly is usually systematically large and has
several disadvantages for applications in physical geodesy (see following sections).
Instead one first compensates for the topographic attraction, implying that a model
compensation attraction A° is added, yielding the topography compensated gravity
anomaly

Ag" = AgP + A°. (3.85)

There are numerous compensation models, having in common that they com-
pensate for the topographic attraction on or below sea level, such that (theoretically)
there are no remaining masses above this level. Among a variety of models, we here
just mention the two most commonly used ones: Helmert condensation-layering
compensation and isostatic compensation. Helmert’s second method of condensa-
tion method means that the topography is condensed as a surface layer at sea level
with surface density pH being the density times the height of the topography.
A more advanced compensation model is provided by a topographic/isostatic model
(see Sect. 8.4), and it usually provides the best compensation for the topographic
attraction. However, while Helmert’s compensation is easy to apply, the numerical
effort to provide the isostatic compensation attraction is numerically more
demanding.

The application of the topographic and compensation corrections (—A” 4 A°) is
called the Direct Topographic Effect (DITE) on gravity. It implies that the condition
for applying the integral formulas with no masses permitted external to the sphere
(if the atmosphere is neglected) is satisfied.

Traditionally, the application of the DITE has been called regularization.

3.4.4 The SITE, Co-geoid and the PITE

As the DITE implies a reduction for the attraction of the topography, the reduced
gravity anomaly Ag¢ on the geoid (approximated by the sphere) also needs a
correction called the Secondary Indirect Topographic Effect (SITE) before Stokes’
integration, and, after Stokes’ integration, the resulting co-geoid height needs a
correction by the Primary Indirect Topographic Effect (PITE), which is the effect
corresponding to the restoration of the topographic masses. Hence, the geoid height
is finally given by:

// )(Ag® + SITE)do + PITE, (3.86a)
47ry0
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where the integral yields the co-geoid height,

SITE = 5N~ —2 70 5 (3.86b)
or R
and
VT __yJc
PITE = 6N° = % (3.86¢)
0

The SITE is motivated to augment Ag® from the geoid to the co-geoid for the
Stokes integration. In Eq. (3.86¢), V7 and V¢ are the topographic and compensation
potentials, respectively. Similarly, PITEs can be applied also in the other integral
formulas.

In principal, all compensation models result in the same geoid heights. However,
in practice there are differences due to interpolation and numerical integration of the
discrete gravity observations.

If no compensation model is applied, the (Bouguer) gravity anomaly under
Stokes’ integral is large, and the PITE is enormous, even infinite for a flat Earth
approximation. Although there are many gravity reduction models in the literature,
the most common ones are Helmert’s method of condensation, where the topog-
raphy is modelled by a surface density, e.g. in Helmert’s 2nd compensation model
by pH, where p and H are topographic density and height, respectively, yielding the
compensation potential on the geoid:

H
Ve =GR // P2 46, (3.87)
g Io

The application of this model is discussed in Martinec (1998) and Sjoberg
(2000).

The classical definition of the gravity anomaly and its application to geoid
determination as described above have some disadvantages that disqualify them for
today’s demands of accurate geoid determination. Although, most of the topo-
graphic effects (DITE, PITE and SITE) can be refined to meet the demands, the
main problem lies in the downward continuation of gravity to the geoid to con-
stitute the gravity anomaly on the geoid. As shown by Sjoberg (2014) the simple
free-air reduction causes an error of the order of the geoid-to-quasigeoid separation,
which increases from zero at sea level to some metres in the highest mountains.
This problem is solved in the modern techniques as presented in Chaps. 4-6. As
will be seen, also the motivation for adding the SITE differs from the reason
discussed above.
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3.5 Height Systems

Geometric heights (such as GNSS- derived heights and levelled heights) differ from
physical heights related with the equipotential level surfaces of the Earth. National
height systems are defined by some kind of physical height, while local systems
used for surveying, construction and mapping sometimes are geometric. Physical
heights, in contrast to geometric ones, are holonomic, implying that the difference
between such heights at two points is independent on the path one takes between
the two points. Here we are concerned with geopotential numbers as well as
dynamic, orthometric and normal heights, which all belong to the category of
physical heights. In many countries, one uses so-called normal-orthometric heights,
also to be considered subsequently.

3.5.1 Geopotential Numbers

The geopotential number at point P is defined by:

Hp

Cp=W,—Wp= / gdh, (3.88)
0

where Hp is the orthometric height (see Sect. 3.5.2), i.e. the height above the geoid
along the plumb line to P. Cp is measured in geopotential units (g.p.u.), where 1 g.
p-u. = 1 kGal m. As the geopotential number is not in units of metres, it is con-
venient to scale it. In this way the, dynamic height (adopted by the IAG in 1955) is
obtained by:

C
== (3.89)

Vas

where y,5 is normal gravity at latitude 45°. The dynamic correction, needed to
correct the levelled height difference A% between points A and B to become the
dynamic height difference, is then given by:

B

Cp— Ca 1 ¢
et Coomio L [l S, o
Va5 V45 4 V4s iZA

where dh; are individual height-difference measurements between the end points A
and B. However, as normal gravity changes by as much as 2.6 Gal from the Equator
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to mid-latitudes, also the dynamic correction is usually large. This drawback can be
reduced by selecting a local reference 7y instead of y,5 for a region, but then the
regional type of dynamic heights must not be mixed with the TAG-adopted ones.
The dynamic height is used in certain engineering projects, as it, in contrast to the
levelled height, indicates in which direction a fluid flows.

3.5.2 Orthometric Heights

Many countries have adopted orthometric heights as their national height systems.
Such a height is closely related to the geoid height, as their sum is the geodetic
height, i.e. the height of the topographic surface above the reference ellipsoid (see
Fig. 3.3). [In this context one disregards that the orthometric height actually is (very
slightly) curved along the plumb line.] Applying the mean-value theorem of integral
calculus to Eq. (3.88), one obtains the orthometric height Hp:

C
Cp = gHp :>HP:?P, (3.91a)

where g is the mean value of gravity along the plumb line in the interval between
the geoid and the surface point P:

Hp

1

g=— [ gdn. 3.91b

g HP/g ( )
0

The computation of an accurate g is complicated, as it requires that g is known
all the way from the geoid to the surface. Frequently, it is approximated by the
so-called Helmert-orthometric height, which uses the approximate mean-gravity
value (Heiskanen and Moritz 1967, p. 167):

g" = gp +0.0424Hp [Gal for Hp inkm). (3.92)

This approximation is based on so-called Prey reduction of gravity inside the
topography with standard density 2.67 g/cm® according to the method of Poincare
and Prey (Heiskanen and Moritz 1967, p. 163). The orthometric height may then
need some iteration. For more accurate estimates of orthometric heights, see
Sect. 7.2.2.
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P
LW{ —\_\ Earth’s surface
%1, 1
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- =~ telluroid

—  geoid

N
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Fig. 3.3 Height systems (orthometric and normal heights)

As the sum of the geoid and orthometric heights (approximately) equals the
geodetic height hp (see Fig. 3.3), the orthometric height can also be determined
geometrically by modern GNSS levelling:

Hp = h, — Np. (3.93)

This technique requires that both the geoid height and the geometric height are
known, the latter, e.g. from GNSS observations.

In ocean areas, H is usually denoted sea-surface topography, which is of basic
interest in oceanography. It typically differs from the geoid height by + 2 m due to
salinity, currency, tides etc. The geodetic height (%) at sea is most successfully
determined by satellite altimetry.

3.5.3 Normal Heights

The normal height belongs to the modern concepts of surface gravity anomaly,
quasigeoid and height anomaly, introduced by M.S. Molodensky (Molodensky
et al. 1962); see Chap. 4.

The normal height (HII.Y ) at a point P is the distance from the reference ellipsoid
along the normal through P to the point Q on the felluroid. (Point Q is defined such
that its normal potential Uy equals Wp.) Then it holds that:
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HY = > (3.94a)
where
Y
1 Uy — U,
b [ =Y Lo
Hp Hp
0
1 ou 1 (U 2
=—|Uy— (Up+ (=) HY + = | == ) (H? 3.94b
Hﬁ’{ 0 ( 0+(8h)0 P+2(ah2>0( P) + )} ( )
or, after simplifications:
- ?
77— R Hp (3.94c)

which lends itself to iteration with Eq. (3.94a). Notice, that the normal height can
be determined exactly for precise data with no assumption about the density of
topography (in contrast to the orthometric height).

As the sum of the normal height and the height anomaly ({p) is the geometric
height (hp) of the topography (see Fig. 3.3), i.e.

h=H+N=H"+(, (3.95)

it follows that the normal height can also be determined by GNSS levelling as:
HY = hp — {p. (3.96)
It is also possible to determine a precise orthometric height from the normal
height and the so-called geoid-from-quasigeoid correction (GQC) (see Sect. 7.2),

by:

H=H" - GQC. (3.97)

3.5.4 Normal-Orthometric Heights

The height systems in many countries are based on normal-orthometric heights,
which is a compromise between orthometric and normal heights. It implies that the
geopotential number is approximated by the known integral
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P
Cp = / ydh = Upy — Up, (3.98)
PO

where P is the surface point, and the height of the reference point Py is usually
unknown, but can be assumed to be located close to the reference ellipsoid. The
normal orthometric height is defined by:

HNO = =F (3.99)

where 7 is the same mean normal gravity as used in the normal height. It is obvious
that the normal-orthometric height is not based on gravity observations, but those
data are replaced by normal gravity.

It is interesting to find out whether the normal-orthometric height can be cor-
rected to the normal and/or orthometric heights. However, as the geopotential
number here uses normal gravity instead of actual gravity observations, it appears
rather impossible to add simple corrections for such improvements. Anyhow, some
knowledge about such corrections can be achieved as follows.

— The Corrections to Normal and Orthometric Heights

By taking the difference between Eqs. (3.94a) and (3.99), one obtains the correction
from normal-orthometric to normal height:

c-C
dH" N0 = — (3.100)
which can also be expressed as:
W, —Wp—U U
apvvo = We = Wr ? rot U (3.101)
Introducing
Upy = Uy + 96U, (3.102)

where Uy and 60U = Upy — Uy are the normal potential at the reference ellipsoid
and its (unknown) correction to reach the reference potential used in the
normal-orthometric height, respectively, and considering that W, = Uy and Wp —
Up=Tp = yQCP (Bruns’ formula), one obtains:

dHN7N0 _

_Mf_y_Qg_é_UN_C_é_U
Y Y Y 7

(3.103)
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In a similar way, one obtains the correction to the orthometric height:

agono _C€_€_C-C 18 (3.104)
g 7 7 7

which, in view of Egs. (3.94a), (3.94b), (3.94c) and (3.103), becomes:

oU
dHONO ~ gqgN-NO _ N+{~—-N-— 7 (3.105)

Here 6U is constant, while 7 changes with latitude (in y,) and elevation (see
3.94a, 3.94b and 3.94c). One way to fix U would be to use a geoid or quasigeoid
model as well as GNSS determined geodetic heights of one or (better) several points
in the region to determine the orthometric or normal height(s) by GNSS levelling
(Egs. 3.93 and 3.95) with consideration of the corrective surface difference between
the two types of heights. Then dU can be solved from either Eqs. (3.103) or (3.105).

Appendix 1: Closed-Form Kernels

Referring to Bois (1961), the following formulas can be derived for 0 <s <1 when
using the notations L(x) = /(1 — 2xt+x?) and L(s) = L:

o0

S1=> §'Pu(t)=1/L (3.106)

n=0
% g [ 11
SQ;;PH(;)O/;)C" P,,(t)dso/<)r(x);>dx (3.107)
—[In2(1 —xt+L)],_y=—In(1 —st+L)+ In2

s
X n+1

s dx
S3:nz:;n+l " /ZX”P" /L(x)
0

s—t+L
1—1¢

(3.108)

= [In2(x — 14+ L(x))_p=1n

and

n=0 ) (3.109)

I
=
+
~
5
»
=
|
+
=
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Appendix 2: Solutions to Exercises
Solution to Exercise 3.0:

— 0 exterior of the Earth
AW = AV+AQ =20+ { —4mp }{ inside the Earth

Solution to Exercise 3.1: Let us introduce the notations g, a and gq for the mag-
nitudes of gravity, gravitation and the centrifugal force. Then the maximum and
minimum gravity are given at the poles and the Equator, respectively, with

gmax = a — go(0 = 0) =a, where a is constantly 981 Gal.
and
gmin = a — ga(0 =1/2)

As go(0) = |22

Table 1.1, that:

= Rw? sin? 0, it follows with R = 6371 km and o according to

ga(0 =m/2) = 6.371 x 10° x 7.292% x 10! = 0.339[Gal].

Hence, gravity at the Equator is 339 mGal less than at the pole for a spherical,
homogeneous Earth model. (For this model the difference is only due to the rotation
of the model.)

Solution to Exercise 3.2: The gravity, gravitation and centrifugal force vectors
(with notations adopting those in the previous exercise) are illustrated in Fig. 3.4a.
If the Earth stops rotating, vector g will move to and be equal to vector a. From
Fig. 3.4b, the sine theorem can be applied, yielding the equation

sina.sind _ sin(r— ¢ — o) sin(p+oa) sing cosa+ cos @ sina

)

g0 a a a a
which can be simplified to:

ga sin @

tan o = .
a— gqcos @

As ¢ = n/3 and « is a small angel, the equation can be rewritten as:

\ﬁgg

o~ tano = .
a— 8o

In this case, go = Rw? /4 = 0.085 [Gal], so that the numerical solution for the
change of the plumb line is about (x =) 15" towards the north.
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c”

Fig. 3.4 The gravitation, centrifugal force and gravity a vectors and b their magnitudes in a
triangle

Solution to Exercise 3.3 Let us start from the expression

rAg = —H — 2T

where
oT oT oT oT
H= res =T grad(T) =X ya—y . Or
with
Yo oy T
Then

on_or o

du  Ou ou
and

oH_ T o
o T ou? ou?’

where u = x,y, z.
Hence
AH = 2AT + ()AT,

and therefore:
A(rAg) = —AH — 2AT = 0.
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Solution to Exercise 3.4 Insert (3.24b) into (3.23b) and apply it for r, = R:

o0

= ag ="
n=2

Insert “the hint”:

> 00

-1

Ag = ZAgn = ZnTQnAgn =Q, = R/(n — 1)
n=2 n=2

Hence, by applying “the hint” and (3.23b) once more and changing the order of
summation and integration one obtains:

T:RnZ; Ag :% / / S(W)Agdo,  where S(i/) = Zznnjlan(costﬁ).

n—1 o
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Chapter 4
Modern Physical Geodesy

Abstract Modern physical geodesy and geophysics employ the surface gravity
anomaly or gravity disturbance rather than the classical gravity anomaly defined at
sea level. In this way topographic corrections are treated more rigorously. Here the
geoid is determined by an Earth gravitational model (EGM) as spherical harmonics,
as well as by the modified Stokes’ and Hotine’s formulas, the latter methods being
combinations of surface integrals and an EGM expressed in a series of spherical
harmonics. Various types of modifying Stokes’ formula are derived, such as
methods that reduce the truncation error (alone), remove-restore techniques with or
without a higher order reference field, as well as the least squares modification
technique. The last method minimizes the errors of truncating the integration area to
a spherical cap, as well as the errors stemming from gravity anomalies and the EGM
by spectral weighting of the observables. As a result, each of these error contrib-
utors as part of the total geoid-error estimate can easily be visualized.

Keywords Modified Hotine’s formula - Modified stokes’ formula
No-topography gravity anomaly - Topographic bias - Quasigeoid

4.1 Introduction

In 1957 the first artificial satellite was launched to orbit the Earth, enabling for the
first time accurate determination of the low-degree harmonics of the Earth’s gravity
field from dynamic satellite-geodesy observations. This technique started with
optical observations, but was gradually improved by refined observation tech-
niques, such as satellite Doppler, laser ranging and GPS, which enabled the
determination of higher and higher degree harmonics to increased levels of accu-
racy. Of particular importance, also was the advent of satellite-radar altimetry,
which, for the first time, made possible a detailed mapping of the gravity field over
the world’s oceans.

© Springer International Publishing AG 2017 119
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The advance of satellite-derived gravity information can be illustrated as follows
(in the spirit of Kaula 1963):

(1) The dynamic satellite orbit analyses techniques from ground-based observa-
tions enables the determination of variations of the radius of the satellite level
(at mean radius r) from the geopotential difference AW along the satellite orbit
according to Bruns’ formula:

AW Nmax (R>n+l n
Ah=—"=r = Com Yo (), 4.1
) 2 \; > Q) (4.1)

m=—n
where R is the mean Earth radius. Considering Kaula’s rule (Eq. 3.29), this
observation has the following power spectrum (degree variance) at satellite level:

R 2n+22 1
cﬁ(Ah)zrz(—) 2o, (4.2)

r n

Only those harmonics resulting in signal-to-noise ratios bigger than one are useful.
Assuming that the observation accuracy is 1 m (0.1 m), in the case of ground-based
methods, Fig. 4.1 shows that ny,, is not larger than, say, 10 (20). However, of

Power Spectrum
=

-'—__-'—-—-_._._‘____G_OCE {gravity-gradient)

Unit: Etvés®

10
107 |
Dynamic satellite
Unit: m*
1 0'35 L | L |
0 50 100 150 200 250

degree

Fig. 4.1 Degree variances ¢ using Egs. (4.2) with r =R + 1000 km, Egs. (4.3), (4.8) with
As = 250 km and (4.10) with r = R + 250 km. R = 6371 km. Note that the units are m? except
for Eq. (4.10), where the unit is Eotvos>
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particular importance are long-term satellite laser-ranging data, which are useful for
accurate determination of low-degree harmonics and their temporal variations.

(2) The radar in satellite altimetry operates at satellite level, but the technique
directly measures (when disregarding some systematic errors; see below) the
geoid height at sea, with the power spectrum of:

AN = AT /) ~ R P10, 43)
which is significantly more sensitive to high-degree harmonics than those in
Eq. (4.2).
Importantly, the method is practically limited to ocean areas (where terrestrial
gravity data is very sparse), and it actually measures mean sea-surface
topography, which deviates from the geoid level surface by about &1 — 2 m.

(3) Low-low satellite-to-satellite tracking (example: GRACE mission) mainly
measures the difference velocity Av between the absolute velocities v; squared
between the two twin-satellites, and this observation yields the following
observation equation based on the energy integral (Wolff 1969; Sjoberg 1982):

2

2 _
27V A SA, (4.4)

W, —W; =

where W; are the geopotentials at the two satellites, and v ~ /GM /r is their
mean velocity. As the geopotential is the sum of normal potential and
disturbing potential, the potential difference can be approximated by:

or

Wg—leUg—Ul-i-Tz—Tl%ag

As = 70As, (4.5)

where As is the separation between the satellites along the orbit arc (s), and 0
is the deflection of the vertical along the orbit. (In Eq. (4.5), we assume that
0U/9s = 0, implying that the two satellites are located on a level surface in
the normal field for the arc of length As.) The satellite-orbit analysis makes
possible the following determination of the satellite level variations:

VAV -

M= ==~ O, (4.6)

and the degree variances for the deflection component are given by
(Heiskanan and Moritz 1967, Eq. 7.38) as:

2
() = =L ), 7

yielding the power spectrum for Ah:
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- 2 n n N 2
C(AR) ~ ¢2(0) (As)’~ yiz—(” e n gy (A7>
T2 —)(n—1)2n+1)

~ (As)? (R> ( 10710

r n4

(4.8)

In case of the GRACE mission, As is of the order of 250 km.
Finally, the observation of the vertical component in satellite gradiometry at radius
r can be expressed by Eq. (3.68b):

1 & n+3
w=-w> (%) wrnman@. (49)
n=0
yielding the following gravity-gradient power spectrum:
GM\*(n+1)*(n+2)*(2n+1) (R\*™""°
2 ~ (M ) -10
c,(gr) & (R3) o ; 10710, (4.10)

In Fig. 4.1, the above ideal power spectra are compared, showing that the spectrum
of the classical dynamic satellite techniques (Eq. 4.1) drops very quickly towards
zero for increasing degrees, while the satellite altimetry spectrum, represented by
Eq. (4.3), performs exceptionally well, maintaining the power over the range of the
spectrum. In case of satellite-to-satellite tracking (Eq. 4.8) and satellite gradiometry
(Eq. 4.10), the spectra decrease relatively slowly, revealing there feasibilities to
detect much higher harmonics than the classical technique. In fact, as of 2015, the
dedicated satellite gravity missions GRACE and GOCE have recovered the low- to
medium-wavelength gravity field (say for n < 300) to an unprecedented accuracy.
The uncertainty in recovered geopotential coefficients are also dependent on the
accuracy and limitations of the observation system. The actual development is
illustrated in Fig. 4.2, which shows the accuracies by wavelength of some well-known
EGMs. For comparison, the actual signal degree variances of the geopotential (rep-
resented by EGM2008) is also plotted. Since the millennium’s beginning, three
dedicated satellite-gravity missions (CHAMP, GRACE and GOCE) have very sig-
nificantly improved our knowledge about the low and medium wavelengths of the
gravity field. However, to attain the on-going challenge of “the 1-cm geoid”, a
combination of satellite-derived gravity data with terrestrial information is needed.
Progress in geoid determination cannot rely solely on data improvement, but
theory must also be improved. In 1962, the Russian geodesist M.S. Molodensky
and his colleagues (Molodensky et al. 1962) published in the West their remarkable
new theory on determining the shape of the Earth from levelling and gravity data
without any requirement for knowing the density distribution of the topography,
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Fig. 4.2 Square root of geopotential power and error-degree variances (c,anddc,) using
CHAMP (aiub-champ03 s model up to degree 100; Prange 2011), GOCE (go_cons_gcf 2_tim_r3
model up to degree 250; Pail et al. 2011), GRACE (ggm05 s model up to degree 180; Tapley et al.
2013) and EGMO08 (Pavlis et al. 2008) EGM models

which is compulsory in the traditional techniques for determining the geoid and
orthometric height. In the new theory, the concepts of orthometric height and geoid
height were replaced by the normal height and the quasigeoid height or height
anomaly. In addition, the classical gravity anomaly, located on the geoid, was
replaced by the surface gravity anomaly.

The above concepts are most important for accurate geoid and quasigeoid
determinations. Since the 1960s, most research in physical geodesy follow
Molodensky’s pioneer work with a focus on quasigeoid estimation (e.g.
Bjerhammar 1962, 1963 and Moritz 1980). Even today, textbooks, such as Sanso
and Sideris (2013), are primarily concerned with the quasigeoid, despite the fact
that many countries around the world (e.g. on the North and South American,
African and Australian continents) adopt the geoid for their national reference
models.

Already Molodensky et al. (1962, Chap. 7) presented a method to determine the
height anomaly by combining satellite-derived, long-wavelength information with
detailed gravity data around the computation point, and a variety of such techniques
are successfully used today.

In this chapter, we will first deal with modern geoid determination by taking
advantage of some of Molodensky’s ideas, but only later (in Sect. 7.1) will we present
methods for quasigeoid determination. Hence, this chapter is organized as follows:
Sect. 4.2 presents the surface and Bouguer gravity anomalies and disturbances. We
also define the no-topography disturbing potential and gravity anomaly. Sections 4.3
and 4.4 are devoted to precise geoid determination from spherical harmonics alone
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and in combination with Stokes’ formula (Stokes 1849). Section 4.5 summarizes the
modified Stokes’ formulas, while Sect. 4.6 uses the modified Hotine formula with
gravity disturbances and an EGM for geoid determination.

4.2 The Quasigeoid, Surface Gravity Anomaly
and Disturbance

Definition 4.1 (the telluroid and quasigeoid): Along each normal to the reference
ellipsoid, there is a point Q whose normal potential Uy equals the Earth’s potential
Wp at the topographic surface (see Fig. 4.3). The surface that connects all points
Q is called the telluroid. The distance along the normal between points Q and P is
called the height anomaly or quasigeoid height ({), and the distance from the
reference ellipsoid to Q is called the normal height (HV).The quasigeoid is the
mapping of the { on the reference ellipsoid (see Fig. 4.3).

As can be seen in the figure, the geodetic height % is both the (approximate) sum
of the geoid and orthometric heights, as well as the sum of the height anomaly and
normal height. The difference between the geoid and quasigeoid heights ranges up
to a few metres in high mountains and vanishes on the ocean.

Definition 4.2 (gravity anomaly and disturbance): The surface gravity anomaly
and gravity disturbance are given by Agp=gp—7, and dgp = gp — 7p,
respectively.

We notice that the anomaly and disturbance look the same as those in the
classical definitions, but here point P and Q are located at the Earth’s surface and
telluroid, while in the classical definition P is on the geoid and Q is at the reference
ellipsoid. In fact, P can be located anywhere in space, and Q is the corresponding
point along the ellipsoidal normal through P that obeys Uy = Wp.

Fig. 4.3 Illustration of the : Farth’s surfae
T s surface
concepts quasigeoid and { [\ N P

telluroid '
telluroid

h
> H"

T _guasigeoid
_ B b SR .
/—_\ [ |Pa geoid

.\,4

_____ oML ellipsoid
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Proposition 4.1 The quasigeoid height (or height anomaly) is given by Bruns’

formula:
T
(p=—. (4.11)
Yo

Proof Tp = Wp — Up = Wp — (UQ+U’QCP+...) = (Wp = Ug) = y9lp+...
and the proposition follows as a first-order Taylor approximation.

Note that Eq. (4.11) is an approximation, but its relative error is only of the order
of [{/r] <0.02%.

Proposition 4.2 The fundamental equation of physical geodesy

Agp=—| = - — 4.12
& (8h) P - (3h> o340) ( 2
and its spherical approximation
oT Tp
Agp=—|——| —2— 4.12b
& (8”>P rp ( )

hold anywhere in space.

Proof By Taylor expansion to the first order, one obtains:

aT dy
=—gptrp=—grt |0t |5, ) Lpt--
P 0

oh
o\ T
= —Agp+ (—V> L (4.13)
o

where the magnitude of the next term in the Taylor series, —3yQC§ / ré, does not
exceed 1 p Gal. Also, (9y/0h), in Eq. (4.12a) can be substituted by (0y/0h)p to a

relative error within 0.003%.
One may also define the Bouguer gravity disturbance and anomaly in space as:

0g® =g — AT and Ag? = Ag — AT, (4.14)

where AT is the topographic attraction (as in Chap. 3). In the Bouguer gravity
disturbance all the topographic signal is removed. However, surprisingly, this is not
the case with the Bouguer gravity anomaly. To see this, we decompose the gravity
anomaly into the no-topography (NT) and topographic anomalies (Ag"” and Ag”)
by considering the fundamental Eq. (4.12a):
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Ag=Ag" +Ag" = AT = Ag— AgT, (4.15a)
where:
aTNT 8)) TNT
AN = — ) — 4.15b
¢ (6h>+<ah>yg (4.139)
o\ VT vT
Al =AT+ (L ~AT —2—. 4.15
8 * (8h> 70 ro ( 2

Here the last term of Eq. (4.15c¢) is the spherical approximation, point Q is the same
as in Definition 4.2, V7 is the topographic potential and

™ =1 -VT (4.16)

is the no-topography disturbing potential. We notice that the NT-anomaly needs not
only a correction by the direct topographic effect (—A”) but also by the SITE [i.e. the
last term of Eq. (4.15¢) with opposite sign]. Hence, the SITE is not a correction
needed to change the reference surface in Stokes’ integration as assumed in classical
physical geodesy (see Sect. 3.4.4), but it is a necessary correction to remove all
topographic signal from the gravity anomaly (Sjoberg 2014). It follows that the
Bouguer attraction is the total topographic correction for the gravity disturbance, but
it is only part of the total topographic effect for the gravity anomaly, and this is
because the gravity disturbance in itself (but not the anomaly) is an attraction.

4.3 Geoid Determination by Spherical Harmonics

As discussed in Sect. 3.2.3, Bruns’ formula is fundamental for determining the
geoid height:
7, W,—-U
N=-2=-% "% (4.17)
Yo Y0
In the practical application of Eq. (4.17), the radius of the geoid is usually
approximated by the Mean Earth sphere of radius R = 6371 km. However, if the
correct radius at the computational point is r = R + dr, this approximation implies
an error of:

N = —%ar, (4.18)

Y0
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which could be significant. Hence, one should use the best available radius in the
computational area.

As both W, and U, include the known rotation potential of the Earth, the
disturbing potential is harmonic outside the topography (upon neglecting the
atmosphere). Therefore, the geoid height can be estimated by a series of spherical
harmonics (complete to degree M):

N:izM: (RO>HIT,1(0,/1), (4.19a)

Yo n=0

where:

Tu(0,2) = > TunYun(0,2), (4.19b)

m=—n

T,.n» being the potential harmonic coefficients determined as the difference between
those of the gravitational potential (represented by an EGM and the normal
potential. Here Ry is the reference radius for the harmonic series (frequently the
same as the semi-major axis of the reference ellipsoid) and 7, is the radius of the
reference ellipsoid at the computation point. Equation (4.19a) holds only when the
geoid is located outside the topography, but, inside the topography, it suffers from
the analytical continuation error (see Sect. 5.2.5 for details).

The series in Eq. (4.19a) is not likely to converge within the Brillouin sphere,
the bounding sphere including all Earth’s topography, at least not inside the
topography. However, as expressed by Moritz (2003), the series is probably only
asymptotically divergent, implying that it is practical to very high degrees after
which it starts to diverge. Some general properties of spherical harmonic series were
presented in Sect. 2.5.

The dominant part in the error of analytical continuation (at least for low- to
medium-degree EGMs) is the fopographic bias, which can be expressed for a
constant topographic density p [see Eq. (5.21)]:

2nGp 2H3
dNT = — H?, + =M 4.20
O (1 350, (4.20

where Hi, are the Laplace series of H? and H> to degree M. Possibly it is even more
advantageous to use H> and H? in this formula, which may reach several metres in
mountainous regions. Here it is assumed that the density of the topography (p) is
constant, and the height of the topography is H. Nevertheless, for higher-degree
EGMs, the basically diverging series will more and more add an additional sig-
nificant bias term to Eq. (4.20) (see Sect. 5.2.6).
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4.4 The Modified Stokes’ Formula

Today, gravity data cover only part of the Earth’s surface, while, in principle,
Stokes’ formula requires complete coverage. In 1960, M.S. Molodensky (see
Molodensky et al. 1962) proposed to truncate Stokes’ integral to a cap around the
computation point and to compensate for the truncation bias by adding a
low-degree spherical harmonic series from an EGM. To further reduce the trun-
cation error, Stokes’ function is modified in a suitable way. The resulting method is
generally named the modified Stokes formula. Since Molodensky’s pioneer work,
various types of modifications to Stokes’ formula have evolved, and some of them
are described below.
Let us first return to Stokes’ original formula in Sect. 3.3.2:

N = i//S(x//)Agda, (4.21a)

where we have introduced the constant ¢ = R/(2y,), and Stokes’ function can be
expressed as the series

S(y) = i2n+11Pn(cos ¥). (4.21b)

Note that Stokes’ function starts the summation at n = 2, implying that Stokes’
integral is blind to any zero- and first-degree harmonics of the gravity anomaly.

4.4.1 General Modification of Stokes’ Formula

Taking advantage of the orthogonality of spherical harmonics when integrated over
the sphere, it is easy to show that Eq. (4.21a) can also be written as:

L
¢ L
= A A 4.22
N 2R//S () gda—&—cngzz SnAgn, ( a)

where Ag, are the so-called Laplace harmonics of Ag defined by (Heiskanen and
Moritz 1967, p. 97):

Ag, = 2"4+ ! // AgP,(cos y)do, (4.22b)
T
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and

St(y) = S() — ZZn; 1s,,Pn(cos W)

n=2

129

(4.22¢)

is the modified Stokes’ function, where L is the selected maximum degree of the
arbitrary modification parameters s,. Hence, the modified Stokes’ formula yields
exactly the same result as the original Stokes’ formula, Eq. (4.21a), and nothing is

therefore gained so far by the modification.

Let us now introduce a spherical cap ¢ limited by the spherical angle ¥/, and
centred at the computation point for Stokes’ integration. Then it can be shown that
Stokes’ integration in the exterior area to the cap, ¢ — ay, i.e. the truncation error
when omitting the contribution from outside the cap, can be replaced by a Laplace

series in Ag, i.e.
c o0
o || stwnsdo = otwse,
S n=2

where the coefficients are given by:

T

L
0k = Qhtiy) = [ SH WP, cos ) sin it =0, () = Y Enes
o 2

s

0. (o) = / S()Pa(cos ) sin
‘//o

and

cos i
2k+1

E, = Enk(lp()) = T / Pn(t)Pk(t)dl.

-1

This implies that Eq. (4.22a) can also be written as:

c o .
N = E// SL(,/,)AgdaJran; (OF +5%) Agy,

(4.23a)

(4.23b)

(4.23¢)

(4.23d)

(4.24a)
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where:

0 otherwise (4.24b)

{ Sn if 2<n<L
0,(1,), the so-called Molodensky’s truncation coefficients, as well as E, can be
computed by the recurrence relations of Paul (1973) and Hagiwara (1976).

Equation (4.24a) combines gravity anomaly data in the near-zone around the
computation point with a spherical harmonic expansion of the gravity field Ag, by
an EGM. For error-free data, this formula yields exactly the same result as the
original Stokes’ formula, independent of the choice of modification parameters s,,.
Importantly, for erroneous data, the modification tunes the weighting between the
terrestrial gravity data and the EGM. In practice, however, Eq. (4.24a) must be
modified further. First of all, the EGM is known only to a finite upper-degree M,
and, as the integration is limited to a spherical cap, this leads to a truncation bias.
Second, the true gravity anomaly and spherical harmonic expansion of the gravity
field are replaced by estimates Ag” and AgP®M, which include various types of
errors. Hence, the resulting general geoid estimator

M
Cc *
NEM =5 // SL(¢)AgTda+c§ (0% +s3) AgheM (4.25)
n=2
(0]

will be subject to (a) a truncation error (bias) due to the limited cap-size and/or the
limited degree of expansion of the EGM (see Eqgs. 4.24a and 4.24b) observation
errors ¢/ and ¢£°M, stemming from the errors of the input data of gravity anomaly
Ag" and EGM derived Laplace gravity anomaly AgE®™ | respectively. The degree of

modification L of Stokes’ function is arbitrary. Thanks to the last term of Eq. (4.25),

the geoid estimator NIL’M is unbiased for all degrees 2-M, while the inevitable bias
for all higher degrees stems from the truncation. (An estimator of a quantity ¢ is
biased if its expected value differs from g. That means that the unbiased estimator
approaches its true value as observation errors decrease.) Usually, unbiased esti-
mators are preferred to biased ones. As will be discussed below, by varying the
modification parameters s,, the weights of the input data (and their resulting errors)
will vary, leading to different geoid estimators.

Before discussing various special cases of modifications, we will present an even
more general geoid estimator, usually biased for all degrees. (It is more general in
the sense that the previous estimator NlL’M is a special case.) The new estimator is
given by the formula

M
LM € L T EGM
N, —%J/S (¥)Ag da—f—c”E:2 b,Ag"="™, (4.26a)
q0]
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or, written in the spectral form, as:

o0

2 . d
N =ey <m — 0k - Y) Agy +c Z; buAgy M. (4.26b)

n=2

Note that the arbitrary parameters b, provide further degrees of freedom to this
estimator compared to the previous one. It is therefore likely that this model
includes an estimator with a smaller error than is available in the geoid model N\
In practice, Egs. (4.26a, 4.26b) include all published geoid estimators related with
the modified Stokes’ formula (Sjoberg 2003a, b) (see also Table 4.1). Hence, we
are now ready to discuss some of the more common modifications appearing in the
geodetic literature.

4.4.2 Remove-Restore Techniques

An early application of using a higher-order reference field in the original Stokes’
formula can be found in Vincent and Marsh (1974) and Rapp and Rummel (1975).
Their geoid model is a special case (with L = 0) of the general geoid estimator for
the so-called remove-compute-restore (RCR) technique:

M
LM € L M 2 EGM
NPM = E// SE(W)Ag daJrcnz:;mAgn : (4.27a)
ag
where:
M
Ag" = Ag" = AgiM (4.27b)
n=2

is the residual gravity anomaly. The rationale behind these estimators is to filter out
the low-degree spectrum from Stokes’ integral by the high-frequency
residual-gravity anomaly data Ag™, and to represent this part of the spectrum by
the long-wavelength harmonics AgE. The most typical example is the RCR
technique, taught by the International Geoid School (e.g. Forsberg 1993; Sans6
1997; Sanso6 and Sideris 2013 (see Sect. 8.4.5), where L is sometimes set to zero.
Another example is the Vanicek—Kleusberg’s geoid estimator, Eq. (4.37a), where
L>M.

As there is only a high-frequency residual-gravity anomaly under this form of
Stokes’ integral, it is expected that the truncation error for the far-zone is much
smaller than by the corresponding geoid estimator Eq. (4.25). However, as shown
by Sjoberg (2005a), this way of arguing is not correct, as the truncation of Stokes’
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integral causes leakage of low-frequency geoid harmonics into Stokes’ integral.
This can be seen by writing Eq. (4.27a) in the partially spectral form:

M M
LM € L T 2 _ oL x EGM 2 EGM
N, 7271//5 (Y)Ag'do — ¢ g [n—l o, sn}Agn +c E n—lAg"

a0

n=2 n=2

(4.28)

where the first term includes contributions to terrestrial gravity anomaly at all
wavelengths from degree 2 and up. Moreover, it follows from Eqgs. (4.24a) and
(4.28) that NlL’M and NIL’M are equal, at least from a theoretical point of view. Hence,
the latter geoid estimator is as sensitive to truncation error as the former, and
therefore there is no such advantage in using the more complicated geoid estimators
with a higher-order reference field. On the other hand, looking from the practical
point of view, one may argue that, in the latter technique, the residual gravity
anomalies are better suited for interpolating the original data into a grid, to be used
in the numerical Stokes’ integration. (However, this interpolation can certainly be
performed separately without steering the modification of Stokes’ formula.)
Nevertheless, it should be admitted that the RCR technique, operating with a
residual gravity anomaly, could be advantageous from a numerical point of view
also in the computation of the downward continuation effect of the gravity anomaly
and in the Stokes’ integration.

The RCR technique is frequently used also with a removal and restoration of a
topographic model, which may reduce also the high-frequency contents of the
residual-gravity anomaly, thus making this anomaly even more attractive for
interpolation, integration, downward continuation and, in this case, also for the
truncation of Stokes’ integral. However, as pointed out by Sjoberg (2005a), this
possible advantage is easily spoilt if the RCR technique is not performed in a
consistent way for the removal and restoration of the effects of the topography.

If L > M and there are potential coefficients available to the higher degree L, one

can augment N{VI’M to:
~ L
Ny =N e YT oM AR (4.29)

n=M+1

This estimator will be further discussed in the next section [see Egs. (4.37a)—
4.37¢0)].

4.4.3 Modifications Reducing the Truncation Error

When limiting the area of integration of the original Stokes’ formula to a cap o
with geocentric angle ), the truncation error becomes:
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SN =N} —N = - % // S(W)Agdo = —c Y 0uAg, (4.30)

n=2

which leads to a very significant truncation bias unless the integration area is very
large. For instance, for a cap size of 20°, the bias is of the order of 17 m. By
selecting the simply modified Stokes’ formula

M
oM _ € EGM
MM = // S()Agda +c ; 0.A¢" (4.31)
ag
with M sufficiently high, the truncation error
SNPM =—c Y~ QuAg, (4.32)

n=M+1

is much reduced compared to the result of Eq. (4.32). However, for M = 360, a cap
size of 20° is still needed to reduce the truncation error to below 1 cm. As argued

above, N?‘M is used in practice in the original RCR technique. (In the RTM method
of Forsberg (1984), the truncation error is somewhat reduced by the removal and
restoration of the gravity signal of a topographic model.) A suitable modification of
Stokes’ function can reduce this bias considerably.

A well-known method of modifying Stokes’ formula is named after Wong and
Gore (1969). It uses the general estimator in Eq. (4.24a) with L = M and parameters
s, set to 2/(n—1), which has the effect that Stokes’ function is truncated at degree
M to a so-called spheroidal kernel. The rationale behind this modification is similar
to that adopted in the RCR technique, namely to filter out the long-wavelength
contribution from the terrestrial data and to fully compensate for that spectrum by
the EGM. However, as already stated, the filtering out of the long-wavelengths is
not perfect for a truncated integration. Nevertheless, the Wong-Gore modification is
a more efficient high-pass filter than the spherical Stokes’ kernel (Vanicek and
Featherstone 1998). In this case, the truncation error can be written as:

5NAM/5G = —C Z Qlyt/[Agn (433)

n=M+1

which yields a smaller bias than Eq. (4.32) thanks to the fact that the spheroidal
Stokes’ kernel implies that the long wavelengths are excluded, which is therefore
accompanied by smaller-valued truncation coefficients Q¥ than Q,, provided by the
original Stokes’ kernel (see the figures in Vanicek and Featherstone 1998). Another
idea of Wong and Gore (1969) was to reduce the truncation bias by choosing the
cap size Y, at the point where the residual Stokes’ function S¥ (i) is zero. Heck
and Griininger (1987) extended this approach by introducing Meissl’s (1971) idea
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into the Wong-Gore function, namely to use the [further] modified Stokes’ kernel
SM () — SM () for any cap size. Alternatively, the degree M of Wong—Gore
modification can be chosen such that the zero crossing points of the modified kernel
coincide with the desired cap radius. Whatever variant of this approach is taken, it
ultimately results in an accelerated rate of convergence of the truncation bias (Evans
and Featherstone 2000). Finally, it should also be mentioned that the NKG geoid
models from 2004 to 2016, based on a Danish RCR method, used a Wong—Gore
type modification of Stokes function. (In 2016, the official NKG geoid model was
determined by the Least Squares Modification of Stokes’ formula; see Chap. 6).

The method of M.S. Molodensky (Molodensky et al. 1962, pp. 150-152) is
probably the original method of modifying Stokes’ formula. Moreover, in contrast
to all methods presented so far (with an exception for the method of Vanicek and
Kleusberg 1987, which is a generalization of Molodensky’s method, see below), it
is the only method that is based on a criterion to minimize the truncation error. The
derivation of the modification starts from the general formula Eq. (4.24a) for
L = M written in the form:

M
Nzi// SM(p)Agda + i// SM(W)AgdG-FCnZ;snAgn (4.34)

where the intermediate term on the right hand-side is the minus of the truncation
bias. By implying Schwartz inequality, it can be shown (Sjoberg 1984a, b) that the

upper limit of this bias is a minimum, if [J___ (" )*do = min. with respect to the
modification parameters s,. This leads to the system of equations

M
ZEnksk =Q,forn=0,1,....M (4.35a)
k=0

or, with reference to Eq. (4.23b),
oM =0forn=0,1,...,M, (4.35b)
and the resulting geoid estimator becomes a special case of both Nf/l M and Néw M,
c M
N = NIIVI'M = NQ/I’M = %// SM(W)Ang—&—c;snAgEGM (4.36)
ao

where the parameters b,, of Né” M are equal to s, as given in Eq. (4.35a).

Another geoid estimator is the adaptation of Molodensky’s technique for a
higher-order reference field, as opposed to the above solution (Vanicek and
Kleusberg 1987; Vanicek and Sjoberg 1991):
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M L
2
n=2
1)

n=M+1

where L > M. The modified kernel is now given by:

M

M) =SW) - > ntl (L —Hn)Pn(cos ), (4.37b)

g 2 n—1

and the parameters #,, which are functions of 1, are determined from the system of
equations

M M 2
Euti =0y — > —E;=0" n=23,..., M. 4.37
; Kl = O ;k—l k=0, n (4.37¢)

However, as discussed above, the Vanic¢ek-Kleusberg geoid estimator can also be
written in the form of Eq. (4.29), and for L = M the estimator equals Molodensky’s
estimator. For L > M, the modification parameters are those of Molodensky’s
estimator for 2 <n <M, and the estimator is unbiased through degree L.

Further modifications for reducing the truncation bias can be found, e.g. in
Vanicek and Featherstone (1998), Evans and Featherstone (2000) and Sjoberg and
Hunegnaw (2000).

4.4.4 The Least Squares Modification of NlL’M and N2L M

It is well known that the errors of the methods discussed in Sect. 4.4.2 are rather
strongly dependent on the choice of cap size, and frequently the optimum cap size
of a specific method is sought with the goal of yielding least error. The fact that
there exists an optimum cap size suggests that the method of modification does not
account for all significant sources of errors. In particular, errors stemming from the
potential coefficients and the gravity anomalies, so far neglected, should also be
considered in the optimization process. The treatment of all these error sources in a
least squares sense is the intention of this section. To do so, one has to assume that
the error-variance spectra of both the terrestrial data and the EGM are known. The
derivations are given next.

First, we assume that the spectral errors &/ and ¢Z“M of the respective observ-
ables Ag” and AgEM are random with expectation zero, i.e. Agl = Ag, + ¢! and
AgEOM = Ag, + ¢EOM | where Ag, is the true Laplace harmonic of the gravity



136 4 Modern Physical Geodesy

anomaly, and we rewrite the general geoid estimator N2L M of Eq. (4.26a) in the
spectral form

00 M
NP =S (ﬁ -0 - ) (Mg o) 3 bulbga ™) (438)

n=2

As the spectral form of the true geoid undulation is:

> 2Ag,
N=c) 25 (4.39)
it follows that the error of NZL’M can be written as:

00 00 2 M
NYM =3 (b — 5h — QD) Agu + ¢y <n— — Qﬁs,f) +e ) bk,
=2

n n=2 -1 n=2
(4.40a)
where:
«_ | b, if 2<n<M
by = { 0 otherwise ' (4.40b)

Introducing the global error degree-variances for Ag’ and AgFeM:

1
oo =E E// (eNdo (4.41a)
o0

and

// (eEGM) (4.41b)

where E{} is the statistical expectation operator, and also introducing the notation
c,% for the gravity anomaly degree-variance, i.e.

1
2 2
=4 // Ag:.da, (4.42)

and, assuming that all observation errors are random with expectation zero and
mutually uncorrelated, one arrives at the following spectral form of the expected
global mean square error of the geoidal undulation estimator of Eq. (4.26a):
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(Nt = gl L / (SNEM)2dg
4z

00 2
2 . L)\2 2 2 s o) 2
=c g lb sy )C”+(n—1 s, Qn> g

n=2

M
+c* Y bdc;.
n=2
(4.43)

The expected mean square error is thus the sum of the variances and the bias
squared, where the sum of variances stems from observation errors and the bias
from the truncation of the integration area to a cap and the EGM to degree and order
M. By selecting the parameters s, and b,, in a suitable ways, it is possible to minimize
the mean square error. Mathematically, by differentiating Eq. (4.43) with respect to
each of the parameters b, and equating to zero, the following least squares solution
for b, (as a function of parameters s,) is obtained:

2
o L * C
by = (0h+5) m for2 <n<M. (4.44)
Then, by differentiating Eq. (4.43) by each parameter s,, equating to zero and
taking advantage of Eq. (4.44), one arrives at the following system of equations for
Sy

SRR o (6u+ 22 ) (@ +sic-p] =0 (@asa)
n=2
where:
o — % (4.45b)
Or = { 1)7 g;herwise o (4459
and

_ cidct/(c+dcy), if 2<k<M
Cy = 0; +{Ck7 i k> M (4.454d)

Considering also that

L
— > Eusi (4.46a)
k=2
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with

o L
af: = —Epn, (4.46b)

the following system of equations for the parameters s, follows:

L
Zak,sr:hk;k:2,3,...,L (4.47a)
where:
Ay = Z ExE,C, + 5krcr — Ei-Cr — ExC; (447b)
n=2
I = pe — QCi+ Y (QuCo = pa)Enc: (4.47c)
n=2

We now show that this choice of parameters s, and b, correspond to a minimum
mean square error solution. For example, by considering Eq. (4.43), the mean
square error can be written in the matrix form

(SNEM)’= £ + 25" As — 2¢%"h (4.482)

with f being the mean square error for s, set to zero:

2; ——Qn +ZQn ;;dcﬁ

and matrix A and vector h having the elements a; and h;, respectively. Then,
substituting vector s by § + As, where, according to Eq. (4.47a)

f: Q*c? (4.48b)

n=M+1

s=A"'h (4.49)

and As is an arbitrary (but compatible with s) vector, it follows that Eq. (4.48a) can
be written as:

(SNEM)’= f — *8Th + AsTAAs (4.50a)

and, as A is positive definite, this equation proves that the mean square error attains
it minimum for As = 0, and the minimum mean square error becomes:
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L
(5N2L’M)2:f - Z Skhi. (4.50b)
=2

The least squares solution derived here, NZL’M , we denote the optimum modification
of Stokes’ formula. As other modifications are special cases of its generating model

NZL M their expected global mean square errors cannot be less than that of NZL M,
Similarly, the least squares solution for model NILVM of Eq. (3.6) becomes:

M
N = i// St )Ag"do + > (04 + ;) Agh™, (4.51a)
n=2
a0

where the modification parameters are again given by the system of Egs. (4.47a),
but now with:

Air = 5krdk — Epedy — Eqd, + Z EyEyd, (451b)
n=2
he = pi — Qcdi+ > (Qudn — pi)Enk, (4.51c)
n=2

where:

d, = 0. + dq, (4.51d)
and
»  fdcd if n<M

A, = { ¢z otherwise (4.51e)

The mean square error of this estimator is formally the same as in Eq. (4.43), but
now with b, fixed to Qﬁ =+ sy. It can also be formulated by Eq. (4.50b) with:

00 2
f=ay K” i - Qn> o+ Qidqi] . (4.52)
n=2

Although theoretically inferior, from a numerical point of view, the least squares

solution for N does not deviate much from that for N3 for small cap sizes.
However, both least squares solutions minimize their global mean square errors. In
areas with small errors in the EGM, N; may be advantageous to N, and vice versa
in areas with large EGM errors. Also, as the global mean square error may vary
considerably from a local mean square error, Sjoberg (2005a, b) derived a least
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squares solution that accounts for such local variations. See also Sjoberg (2011). As
the local solutions consider the full covariance matrix of the EGM, it becomes a
huge computational task for a high-degree EGM.
Exercise: Let 09 — o in (4.51a) and determine the limiting estimator NT/I’M
[“spectral combination”; see Sjoberg (1981, 1986) and Wenzel (1981, 1982)].
Note. In spectral combination, the modification parameters (s,) are given
directly without solving a system of equations (see Table 4.1).

4.4.5 Satellite Only Low Degree Modifications

From recent and future dedicated satellite gravity and gradiometry missions, it is
expected that homogeneous low- and medium-degree EGMs, e.g. to degree and
order 300, will be produced to unprecedented accuracies. One can expect that these
models will be much less biased and tilt-prone than previous EGMs. Taking such
information into consideration, it might be reasonable to design the modification of
Stokes’ formula in such a way, that the EGM totally determines the corresponding
low-degree geoid wavelengths. Starting from the general geoid model N2L M Written
in its spectral form

NZL’MCZ<nZQLs>Agn+ch AgEM. (4.53)

n=2

the low-degree satellite-only modifications result from the first bracket set to zero,
yielding the following equations to solve for s,,;:

s fZE,s,: —Quin=2,3,. (4.54)

If L > M, the solution is not unique, because there are only M—1 equations to
determine L—1 parameters s,,. The general solution for L > M can thus be written:

M
:chnAngM+c Z (
n=2

n=M+1

L s;;) Agh (4.55)

with the expected global mean square error:

M

2

5NLM czz {bzdc + (bn —— 1)2c§}
n=2

o]

2
@iy (i3 oi-s) 7]
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The optimum solution for b, and s,, minimizing (5N3L ’M)Z, are given by:

By 2 G 2,3,...M (4.57)
n = = 24,5,... ) .
n—1lci+dc

and s, is given by the system of equations

L
> aps, =hk=23,.. L, (4.58a)
r=2
where:
Sk — Eiy if 2<k<M
o0
Gr = 5krdk - Ekrdk + Z EnkEnrdn lf M<k S L (458b)
n=M+1
= — O« if 2<k<M
— o0
W= po- Qi+ S Ex(Qudy—py) if M<k<r  (438¢)
n=M+1
d, =2+ 0% and p, = 20%/(n — 1) (4.58d)

with the expected mean square error

L
ONM? =f = > Suhy (4.59)
n=M +1
where:
M 2 242 00 2
2 cdc 2 2
_ 2 n“%n 2 L 2 L 2
=S (20) e 3 (i) e
n= n 1 n=M +1
(4.59b)
The practical form of the optimum solution can thus be written as:
SLM € L L) c? EGM
Ny =— || S Agd —— "1 —A 4.60
3 2n// WA 0+c;n—lcg+dcﬁ &n (4.60)
a0

with the mean square error provided by Eqgs. (4.59a and 4.59b). This solution is
biased for all degrees. A corresponding unbiased least squares estimator (unbiased
through degree M) is given by the slight modification to Eq. (4.60) by substituting
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the factors ¢2/(c2 + dc?) by $,. The removal of the bias is then gained at the price of
a slightly increased mean square error.

Numerical tests by Agren and Sjéberg (2004) have revealed that the above types
of satellite-only modifications are prone to rather large truncation errors. In other
words, the restriction of the low-degree parameters s, of these models to be con-
tributed to only from the EGM leaves too few degrees of freedom to sufficiently
reduce the truncation bias.

4.4.6 Modifications with High-Degree EGMs

Already today, there are some ultra-high EGMs for geoid determination, and the
question we raise here is how to combine such a model with regional, detailed
gravity data. It is obvious that Stokes’ modified formula could be used also here in
one way or another. However, so far we have assumed that the EGM is included
only to a moderate degree of M, being less or equal to the degree (L) of modification
of Stokes’ function. Theoretically, there is no problem to extend this assumption to
high degrees, but the determination of the modification parameters, and the
application of the modified Stokes’ formula will be formidable and impractical.
Hence a more practical solution would be to keep L at a rather low degree and let
M go to a very high degree. It is obvious that the previous general unbiased and
biased estimators NIL’M and NzL M hold also in this case, and they can be optimized
by the least squares choice of modification parameters as before.

One should also remember that the truncation error in the modified Stokes’
formula decreases with the cap size, as well as the maximum degree (M) of the
harmonic series. Consequently, if M is very high, the truncation error should be
small, and, if it is neglected, the least squares modified Stokes’ formula becomes the
least squares spectral combination (see Table 4.1), which does not need a special
computational module for determining the modification parameters (s,); see also
Sjoberg (1981, 1986).

However, there is another aspect that one should consider when using an
ultra-high degree EGM, namely that it is rather likely that some or much of the
regional terrestrial data to be used in Stokes’ integral is already included in the
EGM, and this leads to correlation between the terrestrial and EGM data. This
problem was already considered by Sjoberg (1984b).
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4.5 Summary of Modified Stokes’ Formula Techniques

The general geoid estimator of Eq. (4.26a) has been shown to include most
methods applied today for modifying Stokes’ formula. This is illustrated in
Table 4.1, where the parameters are specified for several special cases. The solution
of Eq. (4.26a, 4.26b), with the optimum choice of modification parameters
according to Eqgs. (4.44) and (4.47a—4.47¢c), should therefore be competitive to any
of these alternative methods, including the least squares solutions by Sjoberg
(1984a, b, 1991). These optimizations were primarily based on the assumption of
no systematic errors among the data, and it is therefore expected that the data are
cleansed of such errors prior to Stokes’ integration. However, one can assume that
terrestrial gravity data are biased at least in the long-wavelength spectrum, which
speaks in favour of adopting either of the EGM-only low-degree modifications
developed in Sect. 4.4.5. On the other hand, the latter type of geoid models are
prone to large truncation biases from the neglected remote zone, and a better choice
might be a least squares estimator with a proper down weighting for all errors of the
terrestrial gravity data.

The least squares modifications already presented were all based on minimizing
the global mean square error. As an alternative, Sjoberg (2005b) presented a
technique for local least squares optimization. Unfortunately, the formulas then

Table 4.1 A comparison of the parameters of some methods of modifying Stokes’ formula

Method L M b, Ay Sn hy
Molodensky M Arbitrary Sn E,, On
Meissl (1971) 0 0 S(y.)

Wong and Gore (1969) | M Arbitrary | QM + 5, 2/(n—1)
RCR-method 0 Arbitrary Oy

Spectral combination M Arbitrary | s, % rr?,::—;dc%
Sjoberg (1986) 00 Arbitrary n%l Uy n%l Va

Vanicek and L<M Arbitrary Sn E,, On
Kleusberg (1987) 2<n<L

Vanicek and Kleusberg o-

(1987) L<n<M

Ny (unbiased) Arbitrary | Arbitrary Ok +5: Arbitrary

1§/2 (biased) Arbitrary Arbitrary Arbitrary Arbitrary

The notations refer to the general model of Eq. (4.26a). For the least squares methods, the
parameters a and h are presented for determining modification parameters s, from Eq. (4.47a).

(Sjoberg 2003b.) Further explanations: s; was defined in Eq. (4.24b), u, = c,zlof /pn and v, =

{ ckdc?/p, if 2<n<L

ith p, = 2dc® + 262 + dc2g?
cﬁ/(cﬁ—&-aﬁ) if w1 with p, = ¢;dc;, +c; 0, + dc; 05,

n-n
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become much more cumbersome, but this method can probably be further devel-
oped and applied with modern computer technology.

The least squares geoid estimators rely on the gravity anomaly signal and
observation error spectra. Frequently, it is argued that these spectra are too poorly
known to warrant the application of stochastic geoid estimators. Nevertheless, it is
usually better to use a coarse error model, than to assume that the data are without
errors, as is implicitly the case in most deterministic models. (Admittedly simple
Stokes’ kernel modification, e.g. according to Wong and Gore’s technique, have
some of the properties of the least squares modification, but without being based on
an optimization criterion.) Also, the computational burden for the optimum mod-
ification is not significantly different from other methods of modifying Stokes’
formula, because when the cap size, as well as the signal and error spectra are
designed, the modification parameters must only be determined once from a set of
equations with a positive definite design matrix.

We conclude this section by summarizing some well-known methods of mod-
ifying Stokes’ formula in Table 4.1. They are all special cases of the general
estimator given by Eq. (4.26a) (see Sjoberg 2003b).

4.6 The Modified Hotine Formula

Today the 3-D positions of gravity measurements are frequently provided by
satellite positioning, such as by GPS. As the geodetic height is known, one can
therefore determine the gravity disturbance rather than the gravity anomaly, and,
consequently, Hotine’s formula can replace Stokes’ formula for geoid determina-
tion. The modified Hotine formula is completely analogous to the modified Stokes’
formula with the spectral factor 1/(n — 1) replaced by 1/(n + 1) everywhere. For
example, the general Hotine formula, corresponding to Eq. (4.26a), reads:

M
LM _ €
Nt = // H"()dgdo + ¢ ; bndgEM, (4.61a)
g
where HE(1)) is the modified Hotine function given by:

H"(y) = H(Y) — Z?hnpn(cos ). (4.61b)

n=2
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Here h,, are arbitrary modification parameters and
H(p)=v" - In(1 +z>71), where v = sin(y//2), (4.61c)

Featherstone (2013) reviewed various methods of modifying Hotine’s formula.
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Chapter 5
Corrections in Geoid Determination

Abstract The original, as well as any type of modified Stokes’ formula, requires a
number of corrections as Stokes’ integral allows no masses outside the sphere of
integration. The corrections include direct topographic, atmospheric and ellipsoidal
effects and a downward continuation (DWC) effect on the surface gravity anomaly
to be applied prior to Stokes’ integration. After integration, indirect effects are
applied to the potential for restoration of masses as well as for corrections to the
potential on the reference ellipsoid (rather than the sphere of integration). These are
the classical corrections that are used more or less also in the modern
remove-restore technique. The KTH method for geoid determination uses “additive
corrections” to the preliminary geoid heights computed directly from the surface
gravity anomalies. These corrections are therefore combinations of direct and
indirect effects on potential/geoid height, implying several advantages. For exam-
ple, the numerical solution to the DWC effect on the potential is much more stable
than the corresponding effect on the gravity anomaly.

Keywords Atmospheric effects - Direct effects - Ellipsoidal effects - Indirect
effects - Topographic effects - Topographic bias

5.1 Introduction

Stokes’ formula (the original as well as the extended) is the solution to the boundary
value problem of Eq. (3.23b) under the following conditions:

(a) There must be no masses outside the sphere of computation.
(b) The gravity anomalies are located on the sphere.

This implies that a number of corrections must be added to the gravity obser-
vations, and each type of correction is divided into a direct effect (e.g. the DITE) and
an indirect effect (e.g. the PITE) (Sect. 3.4.4), where each effect means a correction.
In contrast to the classical approach there is no secondary indirect topographic effect
(SITE) on the gravity anomaly in the modern approach as (see Sjoberg 2014, 2015a):

© Springer International Publishing AG 2017 149
L.E. Sjoberg and M. Bagherbandi, Gravity Inversion and Integration,
DOI 10.1007/978-3-319-50298-4_5



150 5 Corrections in Geoid Determination

DITE(Ag) = DITE(g) + SITE(g),

so that the SITE is already accounted for in the DITE (see Eq. (4.15a) and ensuing
content, as well as Sect. 8.1).

The condition (a) above calls for the topographic and atmospheric corrections.
Condition (b) requires that the surface gravity anomaly be downward continued to
the sphere (downward continuation) prior to Stokes’ integration, and the preliminary
geoid height needs corrections by the indirect topographic and atmospheric effects
after the integration. Usually the topographic effects are the largest corrections to be
applied. The corrections are of the same order for geoid and quasigeoid determi-
nations, except that the combined topographic effect in quasigeoid determination
DITE({) 4 PITE({) vanishes, implying that the combined effect cancels. As a result,
formulas for quasigeoid determination (see Sect. 7.1.3) include no direct and indi-
rect topographic corrections. [Nevertheless, they could still be practical in the
computational steps for smoothing the data, a technique that is frequently applied in
the RCR technique.] In addition, ellipsoidal effects will be considered.

Below we use the terminology correction and effect interchangeably. The cor-
rections are generally of four kinds: topographic, downward continuation (dwc),
atmospheric and ellipsoidal corrections.

The corrections in Sects. 5.2-5.5 mainly concern geoid determination, and, in
Sect. 5.6, we briefly discuss the corrections for quasigeoid determination.

5.2 Topographic Corrections

As Stokes’ formula does not allow external masses to the sphere of integration, the
effect of these topographic masses are usually removed from the gravity anomaly
(=Direct Topographic Effect, DITE, on the gravity anomaly) prior to Stokes’
integration, and by integrating this effect in Stokes’ formula, the DITE on the geoid
height is obtained. Furthermore, after Stokes’ integration, the co-geoid is corrected
by the so-called Primary Indirect Topographic Effect (PITE) on the geoid height
(corresponding to the restoration of topographic masses). Traditionally, in order to
keep the effects small, the direct and indirect effects are reduced by some reduction
method (e.g. Helmert’s second method of condensation), but that will not be used
here. In particular, as the KTH technique for geoid determination (or the Least
Squares Modification of Stokes’ Formula with Additive Corrections, LSMSA; see
Chap. 6) adds the direct and indirect effects on the geoid heights to a combined
topographic effect, the reduction for compensation potential cancels, and it is
therefore not included in the presentation that follows.

We will assume that the topographic density (p) is constant, and we use the
symbol u for gravitational constant times p. (For more detailed derivations, see
Sjoberg (2000, 2001.) In Sect. 5.2.8, we consider the effects of lateral
topographic-density variations.
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5.2.1 The Topographic Potential and Gravity Anomaly

The topographic potential is given by Newton’s volume integral:

Fs r2
= ,u///—drda, (5.1a)
lp
g R

where R and rg are the radii of sea-level and topographic height and

Ip=\/r5+7r%—2rrpt with t = cos. (5.1b)

By expanding 1/Ip in an external type series (cf. Eqs. 2.54aand b), V7 (P) becomes

TP):,unZ/// l+2drP,1 )do = RZZ< )nHaH(P), (5.2a)

where:

a,(P

):ni3// [(14+1/RY 1] P, (1)do. (5.2b)

By expanding (1+H /R)"+3 in a Taylor series of H/R and omitting terms of

order four and higher, we obtain:
n+2 ( ) N (n+2)(n+1) (H

werff [ G D () an. s

Using the boundary condition in the spherical approximation, Eq. (3.23b), we
get also the topographic gravity anomaly (see also 4.15c):

s @)= =200 20 S (B a6

n=0

Of particular interest here is the negative of the downward continued topo-
graphic gravity anomaly, i.e. the direct gravity anomaly effect at sea level:

5Ag2ir = ( Z 5Agdzr (55)
n=0
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By inserting it into Stokes’ formula, one obtains the direct topographic effect on
the geoid height:

NG, (P) == 5 [[ steng, o (5.6)

By considering the spectral form of Stokes’ function and the orthogonality for it
and the Laplace series (5.5), one finally obtains:

R K (0Ag,), R &
SNT,(P) :;Z%: —TZan(P). (5.7)
n=2

Note. Equations (5.7) and (5.3) show that the direct effect on the geoid contains
all orders of H/R. If the direct effect were applied with Helmert’s method of
condensation, the difference would have been that the term of order H/R would
vanish.

5.2.2 The Indirect Effect on the Geoid

By expanding 1/Ip as an internal type series (see Sect. 2.4) with rp = R, one
obtains the topographic potential at the geoid as the Laplace series (with exclusion
of terms of degrees O and 1; see the next section):

V; (P) = uR® ibn(P), (5.8a)
where:
bu(P) =~ £ 2// [1 — (1 +H/R)*"”}Pn(t)da. (5.8b)

A Taylor expansion of (5.8b) yields:

bn(P)m’u[/[%_ngl @)Zw(%)s

Note. If Helmert’s condensation potential were applied to reduce the indirect
effect, the first term under the integral of Eq. (5.9) would vanish.

P.(t)de.  (5.9)
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5.2.3 The Combined Effect on the Geoid

The combined topographic effect on the geoid height is the sum of the direct and
indirect effects:

SNT . (P) = SN’ (P) + N7 (P) J‘TZ ) — an(P)]. (5.10a)
n=2

and the Taylor series (5.3) and (5.9) yield:

2np [ ~ 2H3

T ~ = - — 2 _

SNT (P // 2n+1) [2 3R} P,(1)do . <H + 3R>,
(5.10b)

where H" is the vth power of the topographic height with first- and second-degree
terms excluded.

Finally, we mention that, if one computes the combined effect directly from the
direct and indirect effects without the above Taylor series for topographic height,
one obtains the Newton integral (Sjoberg 2000)

ONL

=S 1[Gy

It is obvious that this series in Legendre polynomials could hardly converge.

r2drP,(t)do. (5.11)

5.2.4 Zero- and First-Degree Effects

In the above derivation of the combined topographic effect, terms of orders 0 and 1
were not included. This was the case, as Stokes’ formula cancels these effects in the
direct topographic effect. Nevertheless, a correct geoid determination with Stokes’
formula needs also contributions from these terms (despite that, the external gravity
field is defined in such a way that such terms vanish in the potential) and gravity
anomaly. More precisely: the definition that the external gravity field contains no
such harmonics does not warrant that they vanish at the geoid, inside the topog-
raphy. This will now be investigated.
From Eq. (5.2a), we obtain (Sjoberg 2001):

(5N£r)0,1: *%[GO(P)+G1(P)], (5.12)
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which, after inserting (5.2b) and expanding the powers and considering the addition
theorem of spherical harmonics, Eq. (2.49), leads to:

§+ +§+12R2 '

(5.13)

4mp H3 H*
(5N£r)o,1: - [ 0T 1 :|

Y
Similarly, the indirect geoid effects of degrees 0 and 1 is given by Eqgs. (5.8a, b):

T T
D0+ (%), _2m

—TH?, 5.14
. y o (5.14)

(5N1T )0,1 =
and, by adding direct and indirect effects, the combined effect becomes:

(5Nc7;mb) =T H t 5 T,

2nu [ , 2H?  H}
1
{ 3R 6R*]’ (5.15)

If we add Egs. (5.10b) and (5.15) (truncated to power (H /R)3), we finally
obtain:

SNT

comb

T 3
(P )m—zAT#[HZ(P)—f—%HT(P)]. (5.16)

At this point, it should be emphasized that the series with harmonics a,(P) in the
strict formula (5.10a) and the first term under the integral in (5.11) are not likely to
converge [in contrast to the approximation (5.16)]. As discussed in Sjoberg (2007,
2009a, b, c; see also next section), Eq. (5.16) corresponds (exactly) to the negative
of the so-called fopographic potential bias, and, in this view, this equation is the
strict combined effect on the geoid height. It is interesting that this deviation of the
spherical harmonic series from correct downward continuation to the geoid within
the masses shows up already in the first-degree term (the last term of Eq. 5.15,
which is not present in 5.16). Moreover, Eq. (5.16) proves also, in contrast to
common belief, that the geoid contains zero- and first-degree harmonics.

Importantly, the combined topographic effect does not include any terrain effect
in opposition to the direct and indirect topographic effects. This fact very signifi-
cantly simplifies the computation of the total topographic effect.

The combined topographic effect of Eq. (5.16) is very substantial, reaching
9.8 m for Mt. Everest. However, much of this effect is counteracted by the
downward continuation effect, discussed in Sect. 5.3.
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5.2.5 The Topographic Bias by a Strict Formulation

The method of harmonic, analytical continuation discussed so far can be applied
only to determine the gravity related quantities on, and exterior to, the Earth’s
surface, while its application inside the Earth will lead to fictitious or biased results,
as the potential is analytically continued into the space where it is not harmonic. For
example, this will occur if the geoid is estimated in continental areas. In such a case,
the exterior type of disturbing potential analytically continued down to the geoid
(T*) will disagree with the true disturbing potential at the geoid (Tg) by the
potential bias

dTyas = T* =Ty = (1274 (V1)) = (T4 VD) = (V) VI, (5.17)

so that the geoid height determined by Bruns’ formula gets the bias

vy —vT
dNbias = ( )'V J . (518)
0

The question is whether this bias can be determined to correct the solution. The
answer is in the affirmative, as shown in various ways by Sjoberg (2007, 2009a, b, ¢).
Here we mainly follow Sjoberg (2007) to demonstrate the idea.

Let us decompose the topographic potential VT into those of a Bouguer shell
(V) and the terrain (V'):

vi=vE4v. (5.19)

The terrain is all topographic mass outside the Bouguer shell (excess masses), as
well as the negative (deficient) masses located inside the Bouguer shell (see
Fig. 5.1).

Fig. 5.1 Schematic diagram of the terrain (shaded) with excess and deficient masses outside and
inside the Bouguer shell, respectively
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For simplicity, we assume that the topographic density (p) is constant, implying
that the Bouguer shell and terrain potentials can be written by the Newton integrals

=R -R), if rp=R
///7(16*2 g s 2 (5.20a)
R34 i <R

and

— / / / Py (5.20b)

where  is the gravitational constant times the topographic density, rp and R are the
geocentric radii of the computation point P and the topographic surface along the
radius through P, respectively. Hence, &t = rg(P), where rg is the surface radius at
the integration point.

Then (V?)" is given by the exterior type of solution (rp >®) in Eq. (5.20a)
whence rp is forced to R (analytical continuation of the exterior solution). By
introducing the orthometric height of the topography H, it follows with ® = R+ H
that the contribution from the Bouguer shell to the topographic bias of the potential
at the geoid becomes:

B B\ * , 2H°
Via = (VP) =V2 =2nu( H + 35 ) (5.21)

It remains to determine the bias of the terrain potential V'. However, as dis-
cussed in Sjoberg (2007), this potential does not contribute to the bias. Here we
limit this discussion to consider the Laplace equation for the topographic potential,
having in mind that there will be no topographic bias in the analytical continuation
of the potential in free air, where the potential is harmonic. Inside the topography
one obtains:

AV = AVE + AV, (5.22)

and here both V7 and V& obey Poisson’s formula:
AV = AVE = —4mp, (5.23)
so that (5.22) yields AV’ = 0, which means that the terrain potential is harmonic

and therefore does not contribute to the potential bias, and the total potential bias is
therefore given by Eq. (5.21).
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For any radius r inside the topography the topographic potential bias can be
written as:

3
b(r) = _273”‘ <—2§]f — 3R+ r2>; R<r<R, (5.24)
yielding:
” 20
Ab(r) (5‘}’2 + r 3r>b(r) dmu; R<r<® (5.25)

and the bias and its radial derivative vanish at the topographic surface.
As T* is harmonic all the way down to sea level, the corrected analytically
continued disturbing potential obeys Poisson’s differential equation:

A(T* —b(r)) = —4mu; R<r<R. (5.26)

In Sjoberg (2007, 2009c), Eq. (5.24) is generalized to an arbitrary density dis-
tribution within the topography.

Vermeer (2008) objected to this result and claimed that Eq. (5.21) is only an
approximation to the bias when given by the potential of the Bouguer shell.
However, Sjoberg (2008, 2009a, b, c) confirmed in alternative proofs that
Eq. (5.21) contains the total topographic bias. This implies that Bjerhammar’s
method and collocation can also be used to determine the geoid height after con-
sidering the bias. Another consequence of this result is that the topographic effect in
geoid determination is independent on the terrain effect (Sjoberg 2009a), which is
taken advantage of in the KTH method of geoid determination (See Chap. 6.).
Finally, our claim that Eq. (5.21) is the total topographic bias is supported by the
following circumstances for any point P located on the Earth’s surface at the geoid
level with no topographic masses along the vertical above P:

The geoid and quasigeoid heights are the same.

As the quasigeoid heights have no topographic bias, this holds as well for the
geoid height.

The topographic bias (i.e. the potential given by the Bouguer shell) determined
by Eq. (5.21) correctly vanishes, independent on the slope of the terrain, and
therefore: There is no terrain effect.

Equation (5.21) is also supported by the following examples.

Example 5.1 If the geoid is located above the Earth’s surface, Eq. (5.21) correctly
suggests that the topographic correction vanishes.

Proof The determination of the disturbing potential on the Earth’s surface (cf. the
height anomaly) or outside the surface (this example) can be determined by the
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extended Stokes formula by analytical continuation, which need no topographic
correction. See Sects. 7.1.2 and 7.1.3.

Example 5.2 Consider an Earth model in the shape of a sphere of radius R + H,
but with a hole in the form of a spherical cap of height H and geocentric angle v.
Then there is no topographic bias along the axis of the hole.

Proof The potential at geocentric radius rp of a spherical (Bouguer) shell of density
p and thickness H can be written (Sjoberg 2007):

2(r3—R3) . _
Vshell(rp) = 2mu 3 if rp>ry=R +H’ (527)
(rP—R*) if rp <1

where 1t = Gp, G being the gravitational constant and R the inner radius of the
shell. The topographic bias of the shell is obtained by taking the difference between
the exterior potential downward continued to sea level with 7p = R and the internal
potential at the same radius:

bi shell __ Vshell *_Vxhell -2 H2 2_1_13 5.08
ias™" = ( ) =Vl = 2mp + Tk (5.28)

Similarly, the potential along the symmetry axis of a spherical cap of geocentric
angle v and height H on top of a sphere of radius R becomes (Sjoberg 2007):

. F [ Pdrsingdy  2mp |
V;ap _ 271#//% :ﬂ/ (Ip — |rp — r|)rdr (5.29a)
Ip rp
R 0 R
with:
2 2RH+H*> P —-R
Ve = T ppy T SR i e (5.29)
rp 2 3
and
VCUP - 27'C’LL I(R) RH2 H3 f —R (5 20 )
g R 2 3 BT R .
where:

I(rp) = /lprdr. (5.294d)
R
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Hence, the potential bias along the axis of the cap becomes:

. cap * cap 2RH+H2 r?—R3 H2 I-I3
bias™ = (Vr:l[) _Vrp,:R_ =2np |:_ 3 + 3R + 7 + ﬁ
2H3
= 2mu (H2 + 3—R> (5.30)

which is exactly the same as for the shell.

Consider now a spherical shell with a hole in the form of a spherical shaped cap
with the above dimensions. Then the potential bias along the symmetry axis
becomes

bias*"" — bias“® = 0, (5.31)

i.e. there is no bias for this model.

5.2.6 The EGM Analytical Continuation Error (EACE)

In this section, we will see that the problem studied by Sjoberg (1977) and Vermeer
(2008), which we name the EGM analytical continuation error (EACE), is different
from the topographic bias in Stokes’ formula. Here we closely follow the presen-
tation of Sjoberg (2015b).

— Application of the EGM at Surface Level

Equation (5.21) holds only if the analytical continuation exists, which is not
necessarily the case for an external type series of an EGM. On one hand, in some
cases the series could converge also inside topographic masses. One such example
is the external series of the potential of a homogeneous oblate ellipsoid, which
converges all the way down to the radius r > ae = the radius of the focal points.
On the other hand, for the irregular mass distribution of the Earth, it is doubtful
whether the external type series converges in the strict sense inside the Brillouin
sphere bounding all mass of the Earth. In particular, we should not expect that such
a series (see Eq. (5.35) below) converges inside the topographic masses. However,
in any case, we may assume that the series is asymptotically convergent (see Moritz
1980, pp. 413—414; Moritz 2003) outside the topographic masses, and, as the series
representation by an EGM is always finite, we do not have to worry about the
divergence, but the series is “practically” convergent. Alternatively, one may rep-
resent the dwc by a Taylor series:

" —Hp)* O*VE
(VIY;) = kz:( k,P) 875’ (5.32)
=0 :
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where point P is located on or outside the Earth’s surface and the derivatives are
determined from the external type harmonic series. The Taylor series is not likely to
converge inside the topographic masses, but, as in practice such a series s always
limited to a finite degree of expansion, it will be “practically convergent”.

Below we consider the problem of applying the EGM directly at sea level, which
is not the same as in Eq. (5.32).

Application of the EGM at Sea Level.

Disregarding the mass of the atmosphere, the Earth’s total potential V can be
decomposed into the no-topography potential VT and the topographic
potential V7:

V=vM_pyT (5.33)

The Newton integral for the latter component reads:

///MZdrdG (5.34)

where [ is the distance between the computation and integration points. The above
potentials can be expanded into external types of spherical harmonic series at any
point with geocentric radius r > rp,, where r;, is the bounding radius of the Earth’s

topography:

n

V(r,0,2) i (rb>n+l Z e Yum(0,2)

n m=—n

Il
=}

n

(?)M > (Vo 4 Vi) Yo (6, 2), (5.35)

m=—n

I
Mg

Il
S

n

where VT and V¢ are the harmonic coefficients for the series of potentials of
Eq. (5.33). The series for the no-topography potential is actually convergent all the
way down to sea level, while the series of the topographic potential is likely to be
divergent for » <r, or at least so for any point located inside the topography.

In practice, the gravitational potential can be represented by such a series limited

to some maximum degree M:

n

rGA:zM:( )n+1z Ve Yon(6,2)

n=0 m=—n

S ()T V0, (539

n=0 m=—n
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and the correct series for the topographic potential at sea level is an internal type
series:

VRO0.)=3 3 Vi@ =33 {( )"+1 V,Z,,;} Ym0, 2),

n=0 m=—n n=0 m=—n

(5.37)

The harmonic coefficients V!¢ and V! are given explicitly by Egs. (2.55b and
2.55¢) for rp = R. This means that the error for the external type harmonic series

17(R, 0, 1), complete to degree M, applied at sea level with radius R, consists of the
sum of the EGM analytically continuation error (EACE) (or commission error) and
the truncation error (ome; omission error):

ev(0,1) = V(R,0,2) — V(R,0,1) = EACEy(0, ) + ome(0, 1), (5.38a)

where:
M n )
EACEy(0,7) => > (Ve = Vi) Yun(6, ) (5.38b)
n=0 m=—n
and

ome(0, 1) Z Z VY ( (5.38¢)

n=M+ 1 m=—n

are the commission and omission bias, respectively. [Agren (2004a) denoted the
dwc error the analytical continuation bias.] Assuming that the topographic density
changes only laterally, it can be denoted u(6,4) and the EACE can be written
(Sjdberg 1977, p. 16) and Agren (2004a):

EACEy(0,2) Z Z A Y (0, 2) (5.39a)

n=0 m=—n

where:

R? )
Anm = m+1 //,U(G, A)IH(R, VS)Ynm(e, /L)d0-7 (539b)

with:

(/R -1 n (r.\-/R)’(”’”fl lf ; # 5

Iﬂ(R5 rV) = { (rt/ZJrEI "2

(5.39¢)
(rs/R) if n=2
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It is obvious from Egs. (5.39a-5.39¢c) that the EACE,; diverges when n
approaches infinity. However, in practices, the harmonic series is always finite.
Considering that r; = R+ H and the Taylor series

oo £

k=0

+(n+3) il(”ﬁ)(h’)k (5.40)

1

and

:l_m_@ii(—k@ N, san

(5.41)
Assuming now that the topographic density is constant, and by inserting

Eq. (5.41) into Eq. (5.39b), the EACE limited to degree M, can be written (Sjoberg
1977; Martinec 1998a; Sect. 7.4; Agren 2004a)

M 2H3 M
EACEy =Y (ACE), = 2mp [Hfl + ——} +Y G,

n=0 n=0 (542&)
where
AR U (i 2 —n+1\] (H)
n=Cn(0,2) = - — ~In 42b
a=a0.n =gk () - ()] s
and
Hy, =Y (H),; i=23. (5.42¢)
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Here (H'), are Laplace harmonics of H'. It is obvious that the EACE of the
external type harmonic series is not only the topographic bias of Eq. (5.21), but it
also includes an additional contribution due to the divergence of the series when
applied at sea level.

Note that the sea-level radius is approximated by the mean Earth-sphere radius
R and not the actual radius of the reference ellipsoid. As already mentioned in the
introduction, the correction from the sphere to the reference ellipsoid is best treated
by a separate ellipsoidal correction.

Example 5.3 Reconsider the Earth model of Example 5.2. Here we represent the
potential of the shell with a hole by an harmonic series limited to upper degree ny.
The potential of the shell is limited to the zero-degree harmonics

= if rp>r,=R+H

shell ) 3rp 4
Ve (rp) T ( Rz) if re<r, ) (5.43)

and the potential along the axis of the spherical cap represented as a harmonic series
becomes (see Sjoberg 2015b):

n0 rn +3 Rt 3

I(rp) = Zﬂ#;WJ W(v) if e >y (5.44a)
and
B0 o T
rP =2mu Z <R" — - 2) P +27r,ur,,lnE, (5.44b)
n ;é ‘2
where:

v

1) = [ Pa(cosy)sinpay

o

_ 1 —cosy n=0
o { [Py—1(cosv) — P,.q(cosv)]/(2n+1) otherwise’ (5.44c)
Hence, for rp — R the topographic bias becomes:
n0 n+3
e i -1
Viias = 1°(R) — 1'(R) = 2muk® | 3 () { -1
n;Z
—i5 (1= (L H/R) ™) In(1+H/R) }]
i (1= (1 H/R) 7 2) () In(1 + H/R) (5.45)

It is obvious that Eq. (5.45) diverges as n — oc.
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5.2.7 The Topographic Bias in the Modified Stokes’
Formula

— Modification with Full-Gravity Anomaly

Consider the unbiased type of estimator for the modified Stokes’ formula,
augmented by zero- and first-degree disturbing potential harmonics (7 and 77) to
the absolute geoid height (Sjoberg 2003b):

voTotTi |
N=TloT //SL Ag*daJranJrQL NEGM, L>M,
Y

(5.46a)

where L is the maximum degree of modification of Stokes’ function, gy is a
spherical cap of geocentric angle y, around the computation point, ¢ = R/(2y),
AgEGM s the Laplace harmonic of Ag determined from the EGM complete to
degree M and downward continued to sea level of radius R, QF = Q%L(y,) are the
modified Molodensky truncation coefficients and:

L

Sty Z

k=2

9kPk cos ) (5.46b)

is the modified Stokes function. Here Pj(cos ) is the Legendre’s polynomial of
degree k, and s; are the (arbitrary) modification parameters.

In Egs. (5.46a), Ag* and NfGM are biased in continental areas (as they are
determined by harmonic downward continuation). Hence, the above estimator
needs a correction for the biases, which can be expressed by:

5NT = 5NT 1 + 5 corr27 (547)

corr corr,

where 5Nmrr | is the correction for topographic bias in the Stokes’ integral, and
0N ., is the correction for the EACE in the harmonic series. The integral can be

written in spectral form as:

R . <[ 2 ) )
4y //SL(’//)Ag do = an:: <n—1 — 0 - Sn) (Agn)", (5.48)

which [after considering also the boundary condition of physical geodesy;
(Heiskanen and Moritz 1967, p. 89)] needs the following correction for the topo-
graphic bias:
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= 2 (n—1)
T L ox T
(SNcarr 1= nZ:; (I’l 1 - Qn - sn)ﬂ 2 (5Nbias)n (5493')
where:
«_ ) s if n<L
Sn = { 0 otherwise ’ (5.49b)

The second term in Eq. (5.47) becomes:
u n—1
T L
5Nwrr2 ; (Qn +Sn) T’})EACE’“ (550)

so that the total topographic correction can be written as:

1 M o0
5N¢7;)rr = 5le;a\ - y Z (Qn + n Z |:

n=0 n=M+1

)] (M),
(5.51)

where C, was given in Eq. (5.42b), and the bias term is the same as for the original
Stokes’ formula. We notice that for M = 0 the corrections is that for Stokes’
modified integral truncated to a cap op, and for oo =0 it follows that

Q;=2/(n—=1)—s,.
— Modification with Reduced-Gravity Anomaly

As shown by Sjoberg (2005), Eq. (5.46a) can be re-written for a reduced gravity
anomaly (“higher order reference field”) as:

N R L M\ * 4 EGM
N74m//s W) (Ag") do + ;Nn , (5.52a)

where (when disregarding observation errors):

=Ag— ZAgEGM Z Ag,. (5.52b)

n=M+1

In Sjoberg (2005), no analytical continuation effects were considered in showing
that Eqs. (5.46a) and (5.52a) are equal. As these effects differ for Stokes’ integral
and the harmonic series, the total topographic errors in Eqs. (5.46a) and (5.52a) due
to analytical continuation will also differ.
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In Eq. (5.52a), (AgM )* and N, are in error in continental areas (as they are
determined by harmonic downward continuation), requesting a correction, which in
this case can be expressed as:

ONT = 5NT

corr corr,1

+ 0N (5.53)

corr,2?

where N | is the correction for topographic bias in the Stokes’ integral, and
5Nwrr2 is the correction for the ACE in the harmonic series. The integral can be
written in spectral form as:

S W) (Ag™) do = ¢ (
which needs the following correction for the analytical continuation:
- 2 A (n=1)
5Nc1;m 1= = Z <m - Qﬁ - sn) 2 (5le;as)

= 3 et )] M), (5:59)

L s;> (Agn)", (5.54)

The second term in Eq. (5.53) becomes:

EACEM

ONLry = : (5.56)
v
so that the total correction becomes:
T T I o~ -1l T
SNT = —6NI — 5; C+ n:;l 5 Q5 (0N, (5.57)

where C, was given in Eq. (5.42b). The bias term is the same as for the original
Stokes’ formula. We notice that for M = 0 the correction is that for a Stokes’
modified integral truncated to a cap oy, and for oo =0 it follows that
QL=2/(n—1)— s’ and Eq. (5.57) equals —(EACE),,/y, i.e. the correction for
the spherical harmonic representation of Eq. (5.42a).

5.2.8 Lateral Topographic Density Variations

If the actual topographic density differs laterally from normal density by Ag, it
follows directly from Eq. (5.21) that the combined effect on the geoid height differs
from its normal effect by (Sjoberg 2004a):
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- (5.58)

2 H3]
It is obvious that this topographic correction is purely local, and there is no need
to consider terrain effects. As a matter of fact, the terrain effect cancel when adding
the direct and indirect geoid effect, and the remainder is the Bouguer shell effect
(see, e.g. Sjoberg 2009a).
Note. If H<0 (Earth’s surface below sea level), all the topographic effects on the
geoid estimate cancel.

5.3 The Downward Continuation Correction

The downward continuation (dwc) effect is the correction to the geoid height due to
the fact that gravity data, located at the surface of the Earth, must be reduced to sea
level (approximated by a sphere) to be consistent with Stokes’ formula.

5.3.1 The Dwc Effect on the Original Stokes’ Formula

The dwc effect (or correction) for the geoid height, as determined approximately by
the original Stokes’ formula with surface gravity data, is given by:

e = = [[ )25 = 8g)de, (5:59)

where the symbols are the same as above. As discussed in Sjoberg (2003b), the first
part of Eq. (5.59) is nothing but the downward continued disturbing potential 7*
divided by normal gravity, and the latter part is the negative of an approximation to
the disturbing potential given at the surface (T'), again divided by normal gravity,
ie.

T —(T)
Yo '

AN gy = (5.60)

Denoting the computational point by P and its geocentric radius by 7p, and
introducing the auxiliary potential

~ R
T =g [[ St)s(or. Q)i (5.61)
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where Ag(rp, Q) is the gravity anomaly at point Q on the sphere of radius rp, we
can rewrite Eq. (5.60) as:

T*—T T—(T
deWC = + ( ) —
Yo Yo

R C Adlr
o / [ st - agtrm. ) 5o

+[Ag(rp, Q) — Agl}do = dN®

dwe

+dN

wc

The first part we call “the spherical shell effect”; the second part we name “the

terrain effect”. dN% . can be evaluated by first decomposing it into two new parts:

T"—T T-T
dNE = —t——= dN5\ +dN%:.. (5.63)
Yo 0

In order to simplify ngviC, we make a Taylor expansion of T* around the point
P at the Earth’s surface along the vertical through the location of T7*. The result is

(now limited to the second power of Hp):

. T\  H: (0T
T NTP—HP<8[_I>P+2<6I_IZ P, (564)

where Hp is the orthometric height. From the boundary condition of physical
geodesy in spherical approximation, we obtain:

oT Tp

and, with the approximation 9/0rp ~ 0/0OHp:

82T BAg Agp Tp
W|P~_8—H|P+2F+6g. (5.66)

Inserting Eqs. (5.65 and 5.66) into dN53!

dwe

of (5.22), one obtains:

INEL — T —Tp _AgpHp +2E5 _ Hj 0Ag
dwe ~ P .
Yo Yo rp 2y, OH

where we have introduced the symbol { = 1{/70, with { being the height anomaly
defined as the disturbing potential at the surface divided by normal gravity at
normal height y.
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As the remaining part of Eq. (5.63) can be simplified to:

Tp— T R\- Hp-
ngjc = Pq— = (1 _—> {p= —nga (5.68)
Yo rp rp

it follows that the Bouguer shell contribution to the dwc effect (limited to terms
within second power of height, and omitting terms not contributing to the “1 cm
geoid”) becomes:

HpAgp Hp H2 8Ag
dNB ~ T 43 (L[ =), 5.69
e Yo * rp v 2y, \OHp (5.69)

We now consider the last part of Eq. (5.62), “the terrain effect”. As the argument
includes a gravity-anomaly difference, which to first approximation can be written
as:

0A
Ag(rp, Q) = Ag = (Hr — H) (5 ) . (5.70)
OH J,
and Stokes’ kernel is decreasing with the geocentric angle 1, we may approximate
the integration area to a cap around the computation point. The result is:

R O0A
o g [ s () doo 57)

Equation (5.71) suffers from two approximations, namely that the Taylor series
in derivatives of the surface gravity anomaly is limited to first degree, and that the
integration area has been limited to a cap. The second problem is easily solved by
extending the area of integration, while the first problem can be more difficult to
solve.

In summary, the dwc effect for the original Stokes’ formula becomes:

dN gy ~ dN%,

dwe

+dN% . (5.72)
where the two components were given in Eqgs. (5.69 and 5.71). The first two terms
of dN%  are usually the most significant ones. For instance, the first term reaches
1 m, if the gravity anomaly is 200 mGal on top of a 5 km high mountain. For the
height of Mt. Everest, it reaches 1.8 m. In practice, the height anomaly in Eq. (5.69)
can be set to the geoid height determined from some approximate geoid model [The
second term of Eq. (5.69) differs from Sjoberg (2003b; Eq. 12), which has a
printing error. See also Agren (2004b).].

The above correction holds also in the cases that the geoid is located (a) at the

Earth’s surface and (b) above the surface. In case a, the term ngWC vanishes so that
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only dN%, . remains. (In addition the topographic bias vanishes.) In case (b), one

notices that Hp (the orthometric height at P) is negative, leading to the fact that
dN% _ corresponds to an upward continuation).

5.3.2 The Dwc Effect for the Modified Stokes’ Formula

In the modified Stokes’ formula, we may assume that Stokes’ kernel is modified to
some selected degree L, yielding the modified kernel function

S W) = S() — Z#&Pn(cos W), (5.73)
n=2

where s, are the modification parameters to be selected. Also, the integration area is
usually limited, say, to a spherical cap oo with geocentric angle , around the
computation point. As a result, the dwc effect becomes:

Wi = o [[ S = Adld (5.74)

Similarly to above, we may decompose (5.74) into a Bouguer shell effect and a
terrain effect:

W = g [[ S8 = A5(rm. ) + (5017, ©) ~ B}

= dN5E + an't (5.75)

dwe dwce

The Bouguer shell effect can be written as:

0 R n+1
dNge: = dN%, +c > (—) -1
n=2 rp
where dewc is the same as in Eq. (5.63), and

«_ Jsa 0f 2<n<L
Sn = {O otherwise ' (5.77)

(si 4 OF) Agn, (5.76)

QL are the Molodensky truncation coefficients of the modified Stokes’ formula
(see, e.g. Sjoberg 2003a). In practice, Ag, of the above sum is taken from an Earth
gravitational model, which requires the upper limit of the sum be set equal to, or
below, its maximum order.

The second term of (5.75) can be approximated by:
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diﬁumﬂ“ )[Ag(rr. Q) ~ Agldo

0Ag
SEW)(Hp — Hp) | == ) d 5.78
~ 4y, // : Q><8H>Q 7 (378)

This completes the discussion on the dwc effect.

5.4 Atmospheric Corrections

As topographic masses, the atmospheric masses are “forbidden masses” that violate
Stokes’ formula, and their attraction on the gravity field must therefore be
corrected for.

5.4.1 The IAG Approach

In the approach to atmospheric gravity reduction by the International Association of
Geodesy (IAG), it is assumed that the Earth is spherical with a spherical layering of
the atmosphere (Moritz 1980, p. 422). Hence, if M, is the total mass of the
atmosphere, and M(r) and m(r) are the masses outside and inside the sphere
through the computation point at radius r, the gravity correction, or direct atmo-
spheric effect on gravity, becomes:

5gt = GM(r) _ GM, — Gm(r) . (5.79)

72 72

By modelling the atmospheric density versus elevation, M(r) can be computed
and the direct effect applied to each gravity observation. The corresponding indirect
effect on the geoid is small (about—7 mm) and therefore usually neglected.

Sjoberg (1999) and Sjoberg and Nahavandchi (2000) emphasized that the IAG
approach leads to a very serious truncation bias if the method is not used with care.
This is obvious from the following derivation.

The effect of Eq. (5.79), when downward continued to sea level, is:

Gm(r)
R2 '’

58" =7, — (5.80)
where 7, ~ 0.86 mGal is the atmospheric gravity at sea level. Inserting (5.80) into
Stokes’ formula, one obtains the direct atmospheric effect on the geoid height. As vy,
is a constant, it will not be harmful, as Stokes’ (global) integral is blind to a constant
gravity anomaly. However, this changes drastically if Stokes’ formula is truncated,
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Table 5.1 The atmospheric bias based on Egs. (5.81a, 5.81b) for y, = 981 Gal, y, = 0.86 mGal
and R = 6378 km. Unit: metre

Yo |0 |3 10 25 39 50 75 100 125 150 180
0N, |0 |0.324 |1.156 |2.638 [3.138 |2.839 |0.612 |—1.667 |—2.120 |—0.994 |0

say, to a cap gy. Disregarding the small contribution from the last term of (5.80), the
direct effect on the geoid becomes:

one ~ — R la // 7= =320, (5.81a)

where:

Qo(Wo) = —4t + 561 + 66, — 7t1 + 661 (1 — 1) In(t, +17) (5.81b)
is the zero-degree Molodensky truncation coefficient with #; = sin(y,/2). As a
result, Eq. (5.81a) yields a very significant bias, which depends on the integration

cap size, having a maximum of 3.14 m for Y, = 39°, which is much more sig-
nificant than the effect to be corrected for. See Table 5.1.

5.4.2 The KTH Approach

Newton’s volume integral for the atmospheric potential at point P can be written as:

/ / / nrdr, (5.82a)

where:

p*(r) = Gp,(r) = p(R/r)". (5.82b)
Here, p; is atmospheric density at sea level times the gravitational constant, and

v > 2 is a constant. As the atmosphere is located in the exterior of a surface point,
the inverse distance can be extended by an internal type series

_:_Z(’P>"“ 0, rp<r. (5.83)
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After inserting Eqs. (5.82b and 5.83) into Eq. (5.82a), one obtains:

va( R‘i / / / rP 2—"drPn(t)do, (5.84)

n=0

or, after integration w.r.t. r and expanding (R/r)" ~ 1 — m(H/R) and considering
the addition theorem of spherical harmonics, then:

1 > 1 rp\"H
Ve(P) e dnpyR | — (—) Hnl 5.85
where
H—l//HYd (5.86)
n — 47I nm g. .
a

Applying the boundary condition of physical geodesy, we obtain also the direct
gravity anomaly effect:

Y 0 2\, . n+2
Agdir(P):<a—W+;>V(P)%4np0[ ) ZZn—l—l "
n=2

: (5.87)

and, by inserting this into Stokes’ formula with Stokes function in spectral form,

S(y) = i ! 1 i Yo (P)Yur(Q), (5.88)

and considering the orthogonality of the harmonics, the direct effect on the geoid
height becomes:

4T R n+2
N4 (P) = H,. 5.89

Considering also that the indirect effect with rp = R and omitting the
zero-degree effect, i.e.

AnpiR <~ H,
ON? v — 10 n 5.90
I Y ;2;1 4+ (5-90)
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it follows that the total atmospheric effect becomes:

AT R - Hn oR
SNY ., = ON%. + ON¢ =~ — ”’;0 Zm— %//S(zp)Hda. (5.91)
=2

Here, the contribution from the zero- and first-degree terms (Sjoberg 2001),
namely:

. 4np;sR?
(5Nt0tal) ))(V _ 2)(V — 3) ) (592)
being of order —6 mm, is missing .

The atmospheric effect in the LSMSA is dependent on the type of EGM used in
the modification. If the EGM is created only from terrestrial data, the atmospheric
effects are the same as above. If the EGM includes satellite data to degree and order
M and the modification is to degree L > M, then the total atmospheric effect
becomes:

aL o« . 4mpgR M ; -1
5Nt0tal = 5Nd,r Y Z (Q + 9;1) 2+ 1 n7 (593)

where 6N} , was given in Eq. (5.91).

5.5 Ellipsoidal Corrections

The well-known Stokes’ formula determines the geoidal height from surface
gravity anomalies on a sphere. As the Earth’s shape is rather ellipsoidal with a
flattening of the order of 1/300, it can be expected that the error in Stokes’ formula
also amounts to this order, corresponding to an error within several decimetres of
the geoidal height.

Through the years, many authors have studied the ellipsoidal correction to
Stokes’ formula [see, e.g. the reference list of Sjoberg (2003c)], and each investi-
gator seems to come up with her/his own, more or less unique, solution. For
example, Huang et al. (2003) carried out a numerical comparison between the
solutions of Molodensky et al. (1962), Moritz (1980), Martinec and Grafarend
(1997) and Fei and Sideris (2000), and they found that all compared solutions
disagree. Another solution to the ellipsoidal effect to Stokes’ formula was presented
by Martinec (1998a, Chap. 11, 1998b), but this solution is incomplete, as it solves
the problem for the sphere with the gravity anomaly given on a sphere instead of the
geodetic problem with gravity anomaly given on the Earth ellipsoid and the
potential requested on the ellipsoid.
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Sjoberg (2003c) used Green‘s formula to derive an integral solution of the
ellipsoidal correction to Stokes’ formula. The solution was also developed into a
series of spherical harmonics. See also Sjoberg (2004b).

Nevertheless, today, the determination of the geoid from gravimetric data is most
frequently performed as a combination of a global geopotential model (EGM) and
surface gravity anomalies in a limited area around the computation point as a
modified version of Stokes’ formula. As the EGM can be correctly applied at sea
level (approximated by the Earth ellipsoid), the remaining ellipsoidal correction to
Stokes’ formula concerns only the limited area of integration. If this area is suffi-
ciently small, one would intuitively assume that the ellipsoidal correction be neg-
ligible [see Ellmann and Sjoberg (2004)].

5.5.1 Components of the Ellipsoidal Correction
of Stokes’ Formula

Following Sjoberg (2003d), we start to present the different components of the
ellipsoidal correction to the geoid height, and in Sect. 5.5.2 we derive them as a
Stokes’-type of integral, as well as a series of spherical harmonics.

Stokes’ formula is approximately given by:

N° = 4; / / S()Agda, (5.94)

where the gravity anomaly (Ag), here assumed to be downward continued to the
sphere of radius R, is only approximately consistent with the spherical approxi-
mation of the “boundary condition”, whose solution is Stokes’ integral, and it must
therefore be corrected to such a gravity anomaly (Ag®) by the formula (limited to
order ¢?; Jekeli 1981; Cruz 1986)

aT
Ag’ = Ag — e’ sin 0 cos9%—62(3cos26—2). (5.95)
a
We will assume that Ag (and therefore also Ag®) are reduced to sea level, i.e. to
the reference ellipsoid of radius 7, = av/1 — €2 cos? 0, while for the Stokes’ inte-
gration, performed on the sphere of radius a, we need to upward continue Ag® by
the approximate gravity anomaly

OAg°®
or

AG® = Ag" +(a—r,) ( ) = Ag+0G, (5.96a)
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where:

0G = AG" — Ag

OA oT T,
=é B cos?0 <8—rg> . —sinfcos 0 <a89> + (2 — 3cos*0) ” (5.96b)

is the needed correction to the original gravity anomaly to be consistent with
Stokes’ formula (on the sphere of radius a).

Finally, after Stokes’ integration, the disturbing potential needs to be downward

continued to the geoid, which corresponds to the last component in the following
formula for the total ellipsoidal correction to Stokes’ formula:

2
ON¢ ., = kN°+— // ¥)3Gde — & 60;/9( ar) (5.97)

where k = (a — R)/R is a scale factor in augmenting N° to the sphere of radius R.
To summarize, the ellipsoidal correction to Stokes’ formula consists of three
components:

e The original gravity anomaly Ag needs both a geometrical and physical cor-
rection to become Ago, which is consistent with the boundary condition.

e Carrying out the Stokes’ integration on the sphere of radius a rather than R,
which yields the corrections kN° to Stokes’ formula and (a — r,)0Ag"/Or to
0G.

e The conversion of the disturbing potential between the spheres of radii a and r,
causes the last term of (5.97).

5.5.2 The Ellipsoidal Correction as a Harmonic Series
and a Stokes’ Integral

Next we derive the ellipsoidal correction both as a harmonic series and as a Stokes’
integral, convenient for applications.

Let us start with the following harmonic series expansion of the disturbing
potential:

T = Gfi( ) Cuntinl0, ). (5.98)
n=2 m=—n

Substituting Eq. (5.98) into the gravity anomaly correction dG of Eq. (5.96b)
and considering the following relations (Moritz 1980; Martinec 1998a):
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COSZ eYnm = Eann +2,m + anYnm + Gann72,m (5993)
and
. 0
sin O cos 0 20 Yom = Aom Yn+2.m + Bam Yom + Dam Yn—2.m, (5.99b)

where (Sjoberg 2003c, 2004b):

n(n+1) — 3m?
(2n—1)(2n+3)

nt1 [(n - 1)27m2] (n? —m?)

Apn = nEnm7 By = —

Dym = —
2n—1 (2n—=3)(2n+1) (5.99¢)
1 [(n—i— 1)2—m2} [(n+2)2—m2}
Eun =
2n+3 (2n+1)(2n+5)
Fum = 2B + !
nm — 3 nm 3 )
one obtains the Laplace series for the correction dG:
5G =Y 0G,, (5.100a)
n=2
where:
GM &
0G, = ¥ — Yo [{3 = (0> 4+ 1+ 1)Epp  Com
2a m; [{ ( ) } (5.100b)

—(I’l2 —n-— 2)Gnmcn—2,m - (I’l2 + 3” +4)Enmcn+2,m]

Moreover, taking the radial derivative of the series of T of Eq. (5.98) and
considering Eq. (5.99a), the last term of Eq. (5.97) can be expressed as:

d _l 74 2GM &
ON _“/; n 2ay ; mZnYnm n+1 nmcnm (5101)

+ (I’l - I)GnanfZ,m (n + 3)Enmcn+2,m]
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By summing up, one arrives at the following spectral solution for Eq. (5.97):

5G, 5g¢
ONE ., = kN + VZ (“ 1 —|—5Td> — kN + VZ gnl : (5.102a)
n=2

where:

Td
a

(5.102b)

Here, 6g¢ are the Laplace harmonics of the ellipsoidal correction to the gravity
anomaly, which can be explicitly decomposed into the series (Sjoberg 2003c,
2004b):

- iagz(e,z) - i Z 385, Yum(0,2), (5.103a)
n=2 n=2 m=—n

with the coefficients:

M
8t =e? e {3 = (n+2)Fum]Com — (04 1)GumCr2m — (0 +7)EqmCas2m }-
(5.103b)
As an alternative, Eq. (5.102a) can be written as a Stokes’ formula in the space

domain:
ON¢ = = S(x//)(kA + aé e)d (5.104)
total — 47'[“/ 8 R 8 0. .

g

In case of the modified Stokes formula (e.g. LSMSA), we may assume that the
contribution with a harmonic series is directly targeted at radius 7, = r,, so that the
total ellipsoidal correction follows in accord with (5.106) as:

,U,a,——//sL kAg+ 208 )do, (5.105)

which can also be converted to the harmonic series

00

.. R . a.
Nt =552 ( S Qﬁ) (kAg: + 08)). (5.106)
n=2

If the cap size is chosen as a few degrees only, the ellipsoidal correction to
Stokes’ modified formula is usually within a few millimetres.
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5.6 Corrections in Quasigeoid Determination

As stated in the introduction to this chapter, the above corrections mainly concern
geoid determination. In particular, there is no topographic correction in quasigeoid
determination. (However, a dwc correction is still needed.) Nevertheless, some-
times (e.g. in the RCR technique), a direct topographic effect (DITE) is introduced
to smooth the gravity anomaly under Stokes’ integral, and, importantly, a corre-
sponding PITE must then be added to the final result.

The atmospheric and ellipsoidal corrections in quasigeoid determination are
practically the same as for geoid determination.

If the quasigeoid is estimated by the extended Stokes’ formula, Eq. (7.13a) in a
RCR approach, the correction for downward continuation of the gravity anomaly to
the sphere of computation selected at sea level (e.g. by solving Poisson’s integral
equation) is the same as for geoid determination. Agren et al. (2009) applied the
dwec correction for { as a Stokes’ integral on the sphere at sea level radius in the
LSMSA approach. On the other hand, if Stokes’ integration is applied on a sphere
at point level, the correction for analytical continuation (upward and/or downward)
refers to the sphere through the computation point.

The additive corrections in the LSMSA method are shortly given in Sect. 6.3.2.
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Chapter 6
Applications and Comparisons of LSMSA
and RCR

Abstract In this chapter, geoid determination by the remove-compute-restore
(RCR) technique and Least Squares Modification of Stokes’ formula with Additive
corrections (LSMSA) are briefly presented. The basic formulas of each method are
developed, followed by a theoretical comparison. The advantages of the LSMSA
method include: (a) a unique spectral least squares matching of errors of gravity and
EGM data, as well as truncation of the integration area to a cap; (b) additive cor-
rections that are easier to compute than direct and indirect effects; (c) the downward
continuation effect is more stable; (d) the bias in the atmospheric effect in the
standard IAG formula is avoided; and (e) each additive correction is easily updated
whenever new data is available. The chapter ends with some case studies with
numerical results. In most cases, even in international comparisons with other
techniques, the LSMSA method provides the best agreement with geoid determi-
nation by the independent GPS-levelling technique.

Keywords Additive corrections - Least squares modification + Remove-Compute-
Restore

6.1 Introduction

Below we only describe the determination of the geoid and quasigeoid by the
methods of remove-compute-restore (RCR) and Least Squares Modification of
Stokes’ formula with Additive corrections (LSMSA), which we believe are the
most successful techniques for geoid determination to date. We compare these
methods, both theoretically and practically in various applications taken from the
literature. In all formulas below it is assumed that L (the degree of modification) is
larger than or equal to M (the selected upper limit of degree of the EGM). If L<M,
the formulas hold with some minor changes. (In this way the method can be used
with ultra-high degree EGMs. See Sect. 4.4.6.)
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6.2 Geoid Determination

As discussed in Chap. 5, geoid determination by Stokes’ formula requires that:
(a) the effects of all masses above sea level (approximated by a sphere of radius R),
i.e. the masses of the topography and atmosphere, be removed [direct topographic
and atmospheric effects on gravity anomaly; 5Agh, (= DITE onAg) and 5Ag%,1;
(b) the surface gravity anomaly be downward continued to sea level (the dwc effect
on gravity anomaly 0Agayc); and (¢) the ellipsoidal effect on the gravity anomaly be
accounted for by 6Agy,,.

After applying Stokes’ formula, the effects of topography, atmosphere and
ellipsoidal must be restored, yielding the indirect topographic, atmospheric and
ellipsoidal effects on the geoid height, SN = PITE, 6N{ and ON{. All these cor-
rections were described in detail in Chap. 5. However, there are some practical
differences in applying the corrections in the RCR method and in the LSMSA
method that will be described in the following subsections.

6.2.1 Remove-Compute-Restore Technique

In the RCR method, the topographic, atmospheric and ellipsoidal corrections are
applied to the surface-gravity anomaly, and the corrected anomaly is downward
continued to sea level (approximated by the sphere of mean sea-level radius R) to
make it ready for the modified Stokes’ integration by the estimator:

(To) + (T1), + (6To + 6T1) 4,
Yo

J[[ st ns+ ong, + o, + o, ] do

NL‘M —

R
47['}/0

M
+e ) (0k+s;) [Agk™M + (0Ag)) 4] + ON] +ONf +0N;,  (6.1)
n=2

where all symbols were defined above and in Chaps. 4 and 5. Note that the esti-
mator is here augmented by the zero- and first-degree disturbing potential har-
monics to provide the absolute geoid height. The direct effects (5Ag£) 4, are needed
to enable applying the EGM below the topography. The analytical continuation
(e.g. by solving Poisson’s integral) brings the bracket [[* down to the mean Earth
sphere. Many of the methods in the literature for geoid determination based on the
modification of Stokes’ formula use Eq. (6.1) in one way or another, and they
mainly differ in the way they modify Stokes’ formula, i.e. in the way of selecting
integration area and modification parameters s,, as well in formulas chosen for the
direct and indirect effects. They also differ in being more or less rigorous in
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applying the direct and indirect corrections. All these methods can be called
Remove-Compute-Restore (RCR) techniques: All forbidden effects on the gravity
anomaly should be removed prior to Stokes’ integration, and they should be
restored on the geoid height after integration.

Frequently one goes one step further along the remove-restore line by using a
residual gravity anomaly by a higher-order reference field. (For a review of the
UNB technique, see Ellmann and Vanicek 2007). Then, starting from Eq. (4.27a),
one obtains the estimator

N R ) '
N = // SH() [Ag" + 0Agsy" + 0AgG, + 0Agy, | do
0

" 7 (6.2a)
+ > NEM 4 NG 4 ONT + ONf+ SN,
n=0

where the direct effects under the integral are given as corrections to the residual
surface gravity anomaly. For instance, in this case the direct topographic effect
becomes:

o) n+2
Shgy! = —pR Y (ﬁg) (n— 1)a,(Q) (6.2b)

n=M+1

with a,, given by Eq. (5.2b), and Q is on the surface at the integration point. The
direct topographic effect for the sum of harmonics N?%™ is given by 5Ndrf4.

The main advantage of the RCR method is that Stokes’ formula operates with a
residual gravity anomaly (reduced both for topographic effects and for the
long-wavelength gravity field). The DITE and PITE can be further reduced by a
topographic compensation model (e.g. by an isostatic model). Note that, similar to
the LSMSA method, this method is also suitable for a least squares choice of the
modification parameters. However, this is seldom or never performed in practice,
but the modification parameters, if used at all, are mostly taken from some deter-
ministic technique such as Wong and Gore (1969).

6.2.2 Least Squares Modification of Stokes’ Formula
with Additive Corrections (LSMSA)

The Least Squares Modification of Stokes’ Formula with Additive corrections
(LSMSA), also called the KTH method, means that one of the least squares esti-
mators of Sect. 4.4.4 is used for selecting the modification parameters s, by con-
sidering the errors of gravity data, the EGM and the truncation of Stokes’ integral,
and the gravity anomaly is not corrected for the direct effects as in Eq. (6.1), but the
direct effects on the geoid height are added to the indirect effects, yielding the
combined or total corrections/effects. Hence, Eq. (6.1) becomes:
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5 To+T R M
NEM ( 0 l)g + //SL(lﬂ)Agda—i-cZ (Q£+S”)Ag§GM
47y, —
a0

Yo

+0NT 4+ ONE 4+ 0N 4 ON?

tot tot?

(6.3a)

where N = 6N is the combined topographic effect as given approximately
by Eq. (5.16) and precisely by (5.51). dN?, and JN;,, are the total atmospheric and
ellipsoidal effects given by Eqs. (5.93) and (5.104) or (5.105), respectively. Finally,
the dwc correction is given as in Sect. 5.3.2 by:

2
dNE  ~ H,Ag, _’_3&{ _ ﬂ (8A8>
P
Yo

00 R n+1
+CZ (Qf{‘f’sfl) (_) _1] Agn
n=2 Tp
0A
te / / SL(p) (H, — Hy) (a—;’) dog. (6.3b)
(0]

a0

Hence, the first row of Eq. (6.3a) is the modified Stokes’ formula, which uses the
original EGM and gravity anomaly data. The second row of the equation consists of the
additive corrections. These combined and total corrections were derived in Chap. 5.

6.3 Quasigeoid Determination

The determination of the quasigeoid height is very similar to that of determining the
geoid height, except that the topographic corrections DITE and PITE in the
remove-restore technique or combined topographic effect in the LSMSA method
are not necessary, but still used in one way or another in the RCR technique to
smooth the residual gravity anomaly. Also, Stokes’ original function is often
replaced by the extended Stokes’ function, but not necessarily (see below).

6.3.1 The RCR Technique

Similar to Eq. (6.2a), which uses the original Stokes function for geoid determi-
nation, the quasigeoid can be determined by the extended Stokes’ function:
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To), + (6T R s
é/LM—w+4_7W//SL(VP7lp)[AgM+5Ag(11;r+5Agglr+5Ag2”] dG
+ Z (EOM 5T 4 LT 4 508 + 8L, (6.4)

where ¢ = R/(2y) = ¢7/7., and the DITE (5AgZ,) and PITE (8(] ) are not needed
but (as mentioned previously) is usually applied in one way or another to reduce the
argument under Stokes’ integral. If the gravity anomaly (both under the integral and
in the EGM) is smoothed with some topographic model, it is important that a
consistent PITE is introduced to avoid introducing a bias in the result. The
downward continued residual gravity anomaly || implies that the atmospheric and
ellipsoidal effects are the same as for geoid height determination (except that Bruns’
formula is now applied with normal gravity 7 at normal height instead of y, at the
reference ellipsoid).

Conveniently, the Stokes’ integration can also be applied at point level (see
Sect. 7.1.3), yielding the formula

( CLM —|— Z CEGM + 5Cd1r + 5£dwc + 54,1 + 5([ + 5€], (6521)

where:

M
= St W) ldo+ Y 5 6.5b
47ry // ; ( )
and
Cd rP S*(¥)(Hp — Ho) o dGQ, (6.5¢)
wc ah

where:

[1= Ag" +0Agy;, + 0Agg, + 0Agy,. (6.5d)

6.3.2 The LSMSA Method

In the LSMSA technique, the height anomaly can be expressed as:
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P (TP)OEGM + EGM L p 2z R e EGM
FLM _ //S JAgdo + = Ok +s,) Agh
) 32y o))
+ 5dec + (ng, + (SCION (663)
where (5, and (7, are the same as the total atmospheric and ellipsoidal correc-

tions for the geoid height (except that they are now applied at point level and not at
geoid level, and the scaling is for y instead of y,), and

~_r L _ OAg
o // SE (W) (Hp HQ)< 8h> dog. (6.6b)

6.4 A Theoretical Comparison of the RCR and LSMSA
Methods

Both the RCR and LSMSA techniques can be applied more or less rigorously with
all direct and indirect effects included, and the same modification parameters can be
chosen (e.g. according to least squares based on stochastic observational errors with
known error-degree variances). Theoretically, both approaches should lead to the
same results for identical selection of modification parameters. In practice, this is
not likely to be the case for a number of reasons to be specified subsequently.

Some advantages of the LSMSA method versus the RCR strategy:

e LSMSA has the advantage to the RCR method that it uses least squares to
minimize the effects of errors in the data and truncation. (This advantage goes
away if RCR is based on the same principle.)

e Most additive corrections used in LSMSA are easier, some much easier, to
compute than the corresponding direct and indirect effects in the RCR method.
Examples include:

— As direct and indirect effects are added directly on the geoid height, there are
computational advantages.

— The topographic bias used in the LSMSA method is most simple to compute.
On the contrary, the rigorous determination of direct topographic effect on
the gravity anomaly in the RCR technique becomes unstable for high
topography and high-resolution demands on the solution.

— The LSMSA technique needs no terrain correction in contrast to RCR
techniques (Sjoberg 2009).

e LSMSA avoids the global integration needed in the strict formula in determining
the DITE in the RCR technique.
e The dwc effect is much more stable in the LSMSA technique (Sect. 5.3).
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e The bias in the atmospheric effect of RCR is avoided in the LSMSA method.
e The LSMSA method is more flexible, as the additive corrections can be

added/changed whenever the data for them becomes available/improved. (It
means that the repetition of the main computational steps can be avoided.)

If the RCR method is not applied with the same rigour in the direct and indirect
effects, a bias will occur. This problem is avoided in the LSMSA method.
RCR is frequently applied without a modification of Stokes’ kernel function,
which requires a large area of integration not to introduce a truncation error.

A disadvantage of LSMSA:

As the LSMSA technique works on the full gravity anomaly (without any
reduction), the interpolation and integration of the anomaly is more challenging
than in the RCR method applied with a residual gravity anomaly. This problem
needs special attention. (For example, a simple solution is to use RCR technique
for the interpolation, but in this case no special care is needed to make global
integrations, which is practically advantageous.)

For more details, see, e.g. Sjoberg (2003).

Further considerations:

Note the correction term ONJ, ,,, a most significant term, which is usually
omitted in applications of the RCR technique. It is the topographic correction of
the EGM.

Until now (2016), the IAG Geoid School only practiced this technique without
(i.e. with L =0), or with simple modification of Stokes’ kernel, and some
correction terms are simplified or omitted.

In practicing the RCR method (in contrast to LSMSA), there is usually no
specific limitation of the area of integration, but all available gravity data are
used in Stokes’ integral. For a large integration area, the solution will suffer
from the systematic errors in the gravity anomaly data (which problem may be
reduced by an appropriate modification of Stokes’ function).

The modification by Vanicek-Kleusberg (1987) uses L = M and Molodensky
type of modification parameters (i.e. the minimum error limit of truncation
error).

One may say that the LSMSA method uses the rigorous RCR-technique from

Egs. (6.1) and (6.4), but direct and indirect effects are added to become the com-
bined or total effects.

Summary of the comparison:

The LSMSA uses optimal (least squares) matching of various error sources. No
such criterion is standard in applications of the RCR-technique.

The LSMSA is numerically efficient. (Note: RCR requires both direct and
indirect effects.) In particular, the combined topographic effect is simple in
LSMSA (see Sect. 5.1).
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e The dwc effect on the geoid height (used in LSMSA) is numerically stable
(Sect. 5.2), while the dwc effect on gravity anomaly (used in RCR technique) is
much more ill-conditioned.

e There is no bias in the atmospheric effect (LSMSA; Sect. 5.3). This may be a
problem in the RCR technique.

e The RCR technique works with residual gravity anomalies, while LSMSA uses
the full gravity anomaly. This calls for special technique in the LSMSA to
achieve this advantage of the RCR method.

e The RCR technique should not be used without modifying the kernel function.
In this respect, most important are the demands on filtering out the
long-wavelength errors from the gravity data and reducing the truncation error.

6.5 Practical Experiences of LSMSA

Here we discuss some of the practical experiences gained in using the KTH method.

6.5.1 The Choice of Error Degree Variances

The error-degree variances of the data as well as the signal degree variances are
used to tune the weighting of the data in order to minimize the influence of data
errors, as well as the inevitable error caused by truncation of integration area and/or
the series of the EGM. This (least squares) weighting takes place in the spectrum of
the data, and it is ruled by the error and signal power spectra. As with standard least
squares adjustment, the estimated unknowns (in our case the geoid heights) are only
secondarily influenced by the choice of errors, while the estimated accuracies of
unknowns are directly affected by this choice.

The error-degree variances of the EGM are frequently provided directly along
with the EGM coefficients. However, there qualities may be doubtful, in particular
at higher degrees. The major problem is, nevertheless, the error spectrum of the
gravity anomaly data. This spectrum is not directly available, but must be estimated
in one way or another. The LSMSA method assumes that all errors are random with
expectation zero, but gravity data usually include systematic errors, which show up
as correlations of the data. Ideally, such systematic effects should be removed prior
to adjustment, and much care should be spent on cleaning the data from gross and
systematic errors. However, remaining data will still include such undetected errors.

In practice, one usually assumes that the covariance function of the data, C(¥) is
(globally) homogeneous and isotropic, and using the simple representation
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o0

C(Y) =Y aaPu(cos ), (6.7a)

n=2

it implies that, once the degree variances o2 have been fixed, it is merely a function
of geocentric angle between the data points. To assume that this global covariance
function is representative for the true covariance function is, of course, question-
able, but, from a practical point of view, we only have to regard it as a model with
parameters chosen for a specific geographic area of application. The most important
parameters of this covariance function are the variance C(0) and its correlation
length .. The latter parameter is defined as that geocentric angle where the
covariance has decreased to half of the magnitude of the variance, i.e.

C(y,) = C(0)/2. (6.7b)

Having got this information we usually can model the covariance function and
the degree variances.

Sjoberg (1986) gave a simple example, which we present here. By assuming that
the covariance function is of the closed form (“the reciprocal distance type”)

1—k

V1—2kcosyy + k2

where k<1 is a parameter to be determined, the last equation can be expanded as:

C(y) = C(0) (1 =k)(1 —k)k cosy|, (6.8)

C) = CO)(1 -~ K) 3R, (cos ). (69

and by comparing Eqs. (6.7a) and (6.9) one may identify the degree variances as:

a2 = C(0)K"(1 — k). (6.10)

n
Moreover, at the correlation length /. one obtains:

1 C(lﬁc)il—k
2- ¢ o

(1 —k)— (1 —k)k cosy,, (6.11a)

where:

Q =/1 — 2k cos iy, + k> (6.11b)

If the correlation length is fixed, the parameter k can be determined iteratively
from Eq. (6.11a), e.g. by Newton—Raphson’s method:
Iterate:
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kj+1 :kj 7f(k])/f/(k])7]:0ala2aa (6123)
where:
1—k% 1
f(k):T—(l—k)(l+kt)—§7 (6.12b)
and
F'(k) :% +1 — 1+ 2k, (6.12¢)

until convergence.

After that k has been determined, and C(0) has been specified, aﬁ follows from
Eq. (6.10).

Agren (2004) pointed out that the reciprocal distance covariance model yields
too little power to higher degree terms of the covariance model to be realistic. For
that reason, this covariance model was combined with the so-called white noise
covariance model to provide more realistic results for the gravity anomaly-degree
variances. The method is further refined and explained in Agren et al. (2006,
2009a), and we summarize the results next.

It is reasonable to assume that the EGM error-degree variances (dcfl), at least in
general, increase with degree (n). On the contrary, we should expect that the
error-degree variances of the gravity anomalies (aﬁ) generally decrease with n up to
some medium degree, and, for higher degrees, this decay becomes less pronounced.
To achieve this result, the error-covariance model for Ag is constructed as a
combination of the reciprocal distance model above and a white noise model. The
latter model, with variance o2, has the degree variances

2

2 g
o,=2n+1)—5—; n=2,3, ... My, 6.13
( >(MN+1)2—4 N (613)

where the integer number My = Int [1;@} v being the block size of the terrestrial
gravity data, and, for higher degrees, 0'% = 0. The combined covariance model is
therefore defined such that half of the given ¢ is delivered from each of the
reciprocal and white-noise functions. Assuming that the Nyquist degree My = 7/
block size of data and M,, is the assumed upper degree of the reciprocal distance

function, this leads to the degree variance model

0 if n<2
) cf'(L—p) if 2<n<My
(Mf'i—ﬁ;zg if Mgy<n<My’
l.f n>MN

(6.14)

S o,
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where the parameters ¢ and u of the reciprocal function are now fixed by the
equations

Mr{l 2 2
o (2n+1) o
cf'l—p) —————————| == (6.15)
n=2 2 (MN + 1)2 -4 2
and
2
e (1 — p) = G_M. (6.16)
2 (My+1)° —4

Here M,; is the maximum degree used in the series for the reciprocal
distance-covariance function.

A modified, and to some extent simpler but still efficient, technique for com-
bining the error-degree variances given by Egs. (6.10) and (6.13), was presented by
Agren et al. (2009a). In the combination of the two covariance models, our
experiences have been that the choices of individual covariance function parameters
like variance C(0) and correlation length is not so important, but most important is
the degree K at which the plots of the spectra of the EGM and the gravity anomaly
cross each other. Different parameter choices with the same crossing point K tend to
provide very similar modifications (but not the same propagated mean-square
error). Hence, the choice of K is that of specifying the upper degree to which the
EGM is believed to be better, or at least as good as, the gravity anomalies, and this
choice finally specifies the error degree variance model of the terrestrial data by a
proper combination of those given by the reciprocal distance and white-noise
models. In practice, this means that one tentatively adds the weighted sum of error
degree variances of the two models and compares for the resulting K and
geoid-height standard errors in the LSMSA technique, as well as RMS differences,
to available GNSS-levelling geoid heights, etc.

6.5.2 Which EGM Should Be Used?

There is a variety of EGMs available for combination with terrestrial gravity data.
The question is how to select the best one for the region to be studied. A simple
procedure would be to compare the EGM-derived geoid heights with those from
GNSS/levelling of the region. However, in this context, one should also consider
the maximum degree (M) of the EGM to be used in the combination. In general, the
larger M, the better is the agreement. The most important criterion for this com-
parison is the RMS difference between the two types of geoid heights.

A better result is obtained by putting different EGMs into the LSMSA procedure
for comparison against GNSS-levelling, and the more complete the computational
procedure is, the more conclusive will be the outcome of the comparison.
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However, in many developing countries, there are no or, at least, not a sufficient
number of GNSS/levelling heights available for this type of pre-study. In such
cases, the comparison of the EGM with available terrestrial gravity anomalies could
be useful. However, in such a comparison, one must bear in mind that the EGM
does not contain the fine spectrum available in the point gravity data. Ulotu (2009)
conducted such an analysis for Tanzania by smoothing the terrestrial gravity data by
space-shuttle-derived topographic data.

6.5.3 Choice of Cap Size

In the ideal situation with only random errors with expectation zero, there is no
optimum cap size for the numerical integration by the LSMSA method, but the cap
size should only be governed by the area of gravity data available. This is because
the least squares method automatically includes all data in an optimum way. In
practice, due to systematic errors, this is not the case, but a limited cap size should
be chosen to reduce the influence of systematic/gross errors in the gravity data. On
the other hand, a too small cap size should not be chosen, which would impair the
solution due to the rejected data outside the cap.

A standard way of choosing cap size is to make some preliminary LSMSA
estimates and compare them with GNSS/levelling geoid heights. In this way, the
cap size can easily be tuned towards the best agreement of the two independent
geoid estimators. However, one should keep in mind that this technique forces the
gravimetric LSMSA solution towards the GNSS/levelling solution, which could be,
and of course also is, in error. If the LSMSA geoid model will be used together with
GNSS data as a corrective surface for height determination, this technique should
be used in full, but if the goal is to determine a geoid model, the systematic impact
from the errors of the GNSS/levelling data should be considered.

6.5.4 Numerical Considerations in Determining
Modification Parameters

The linear system of equations for solving the least squares modification parameters
s, s ill-conditioned (Ellmann 2005a). Although the system is badly conditioned,
this feature is harmless to the result. Agren (2004) explained the bad conditioning
of the system as caused by the behaviour of the modified Stokes’ formula in the
remote-zone (where it is not used in the modified Stokes’ formula): Many sets of
modification parameters agree well in the near-zone and disagree in the
remote-zone (where they are harmless). In practice, the system of Eq. (3.28a) can
be solved by some stabilization method like Tikhonov regularization or Singular
Value Decomposition. The latter technique is used in the KTH software. See also
publications by Ellmann (2005a, b, 2012) and related software.
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6.5.5 Comparison of DWC in LSMSA and Other Methods

In the LSMSA technique, the downward continuation of the gravity anomaly to sea
level is directly applied to the effect on the geoid height as an additive constant. In
this way, this computational step becomes more stable compared with the technique
used in RCR, where the gravity anomaly is directly continued downward by
inversely solving Poisson’s integral formula. Another, but approximate, method is to
make the dwc by limiting it to the first term in a Taylor series of the gravity anomaly.
Here, the gradient can be computed by an integral formula with gravity anomalies.

Practical experiments in solving Poisson’s integral (Martinec 1998, Chap. 8)
revealed that gravity anomalies at cap sizes down to 5’ (but not for more detailed
data) in the Canadian Rocky Mountains could be handled with stable solutions.

Agren (2004, Sects. 5.3—4), based on synthetic gravity-field models, numerically
compared the techniques for downward continuation used in the LSMSA method
and RCR-technique, as well as the gradient method. He came to the conclusions
that “Sjoberg’s method is superior to using the gradient method”, and “this method
is considerably more accurate than the inversion by Poisson’s equation”.

6.6 Case Studies

In Table 6.1, we summarize a number of studies and/or applications of the KTH
method for geoid or quasigeoid determinations.

6.6.1 Comparisons of Methods

Some of the papers listed in Table 6.1 include comparison of the LSMSA/KTH
technique with other methods, primarily with the RCR method. A few of these
comparisons will be summarized here. For other comparisons the reader is referred
to the references.

Ellmann (2004, 2005a, b) compared several deterministic and three stochastic
modifications of Stokes’ formula in the Baltic countries, and it was concluded that
the KTH approach was the preferred method.

On behalf of the International Geoid Service, the Auvergne test area was
established in France, consisting of about 240,000 gravity data points covering an
area of 6° x 8°; a digital elevation model based on three Shuttle Radar Topography
Mission height data, covering an area of 8° x 10°, and 75 GPS-levelling data
points, all at 1st order levelling data points or with connections to such points. The
accuracy of the GPS-levelling data is estimated to 2 cm or slightly better (Duquenne
2007).
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Table 6.1 Summary of regional studies and/or applications of the LSMSA/KTH method

Author Country/region | Geoid/Q-geoid | Remarks

Fan (1989) Theory - theoretical study

Nsombo (1996) Zambia geoid spectr. comb.; RMS = 70
Nahavandchi Sweden Q-geoid RMS =5.5

(1998)

Hunegnaw Ethiopia geoid Tests for dwc. RMS = 46

(2001)

Ellmann (2004) Baltic region Geoid RMS fits of 2.8, 5.6 and 4.2 cm for

Estonia, Latvia and Lithuania

Agren (2004) Theory Geoid/Q-geoid | error degree variances, dwc, etc.
Kiamehr (2006) Iran Geoid RMS =29

Daras (2008) Greece - -

Agren et al. Sweden Q-geoid o =20, 32 for KTH and RCR
(2009a)

Agren et al. Auvergne, Q-geoid Comparison of seven methods
(2009b) France

Abdallah (2009) | Sudan Geoid -

Ulotu (2009) Tanzania Geoid o=28

Abbak et al. Konya, Turkey | Geoid Comparison KTH and RCR
(2012)

Yildiz et al. Auvergne, - Comparison KTH, RCR, LSC
(2012) France

Danila (2012) Molodova Q-geoid -

Isik and Erol Turkey Geoid o = 14.8, 16.6, 29.2 for KTH,
(2015a) RCR, EGM

Isik and Erol NW Turkey Geoid g =9.5/6.9 for KTH/RCR after
(2015b) corrector surface fit

Abdalla and S. Arabia Geoid

Mogren (2015)

Ssengendo Uganda Geoid and c=284and 7.3

(2015) Q-geoid

Agren et al. Fennoscandia Quasigeoid o = 3 for whole area = 1-2 in
(2015) and flatter countries

(2016)

Some studies compare with the RCR method. RMS = fit with GNSS or Doppler in cm;
¢ = estimated standard error after fitting (cm)

Table 6.2 Results from the KTH PoliMi IFE NBI DGS IGN
international software RMS 0 36 75 p= 35 pe
comparison of quasigeoid

estimation at Auvergne test a; 22.7 31.2 30 64.5 30 323

area (Agren et al. 2009b)

RMS = RMS fit with GPS/levelling after 3-parameter reduction

and o; = RMS gravimetric Q-geoid accuracy at the 75
GPS-levelling points with an estimated accuracy of 32 mm.
Unit: mm
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:‘able 6.3 C;lomp?rison§ OfAd Gravimetric models Max Min RMS
- t t

. parameter fits of quasigeoi RCR— o8 113 39

eterminations using

gravimetric methods versus RCR+ 58 —67 29
GPS/levelling at the KTH 95 =51 24
Auvergne test area (from LSC 64 —65 31
Yildish et al. 2012) EGM2008 138 —68 29

RCR—- and RCR+ = RCR without and with Stokes’ kernel
modification. LSC = Least Squares Collocation. Unit: mm

A joint international comparison of six techniques was reported at the Hotine-
Marussi symposium in Rome 2009 (Agren et al. 2009b). Besides the KTH method,
the test included modified Stokes’ method with spectral combination (IFE,
Hannover), fast collocation approach (PoliMi; Politecnico di Milano), least squares
collocation (NBI, University of Copenhagen), 1-D spherical FFT (DGS; University
of Thessaloniki) and Stokes’ integration (IGN, France). In Table 6.2, the RMS fits
(after removal of a 3-parameter systematic-error model of bias and two slopes) for
six of the involved techniques and GPS-levelling are shown on the first row,
ranging between 29 and 67 mm. The second row shows the estimated standard
errors of the geoid estimates from the included methods, obtained after removing
the estimated standard errors of 25 and 20 mm squared for GPS and levelling
observations, respectively, from the mean square differences on the first row. The
result shows that the KTH method performs significantly better than other methods.

The above test did not include the Danish/Copenhagen school versions of the
RCR and collocation approaches. A second test with these methods was conducted
and reported in Yildiz et al. (2012); see Table 6.3. The RMS fit using a 4-parameter
model for systematic errors yielded 2.4 cm for the KTH method, while other
methods fit to 2.9 cm or slightly worse. As emphasized by Sjoberg (2005), the study
shows that the RCR— (without the modification of Stokes function) performs less
well than RCR+ (with modification). It is also interesting that EGM 2008 agreed
well with most other methods, indicating that it is based on good data in the region.

e In Agren et al. (2009a), the KTH and RCR techniques were compared with
GPS-levelling over Sweden. The RCR technique is that practiced in the previous
Nordic Geodetic Commission (NKG) geoid model from 2002, but the data has
been updated. The results of the comparison are reported in Fig. 6.1. The
1-parameter RMS fits are 22 and 40 mm for KTH and NKG models, while these
values reduce to 20 and 32 mm in the 4-parameter fits. It is obvious from these
numbers and Fig. 6.1 that the NKG model includes long-wavelength NW-SE
systematic errors after 1-parameter fit, which are mostly removed after the
4-parameter fit, while the results in the comparison with the KTH method does
not suffer from this error (implying that the error cannot be referred to
GPS-levelling). Therefore, one may conclude:
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NKG2004 (1-par fit)

160 . o 25
70 18 20 70°

KTHO8 (1-par fit)

Fig. 6.1 196 GPS-levelling residuals for the KTH and NKG models after 1-parameter fits. (The
scales are given by the 5 cm arrows to the south-east; KTHO8 is based on LSMSA, and NKG2004
uses RCR-method) (Agren et al. 2009a)

— As the residuals of the LSMSA versus GPS-levelling are small, the larger
residuals for NKG are likely to be caused by (systematic) errors in the NKG
technique rather than in GPS levelling.

— There are obvious long-wavelength errors in NKG residuals.

— With estimated accuracies of 15 and 7.5 mm of the GPS and levelling
observations, respectively, the 1- and 4-parameter RMS fits correspond to
standard-error estimates of 16 and 11 mm, respectively, in the LSMSA
models.

Abbak et al. (2012) conducted another comparison of the KTH and RCR
methods versus GPS-levelling. The test area was located in the mountainous area
around Konya in central Turkey, limited by latitudes 37-39N and longitudes 31.5—
35E, an area with a very limited amount of terrestrial gravity data. For the evalu-
ation, 20 GPS-levelling data points were used with an estimated accuracy of
3.6 cm. The resulting RMS fits, using a 7-parameter model to absorb systematic
deviations between models, were 6.7 and 9.8 cm for the KTH and RCR methods,
respectively, corresponding to gravimetric geoid model accuracies of 5.7 and
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9.1 cm, respectively. The two models disagree by more than 1 m in the SW corner
of the test area, and the reason for that has not been clarified.

6.6.2 NKG Quasigeoid Model 2015 (NKG2015 Geoid)

Next,

we present some details and results on the NKG 2015 quasigeoid model

determination and results [courtesy J. Agren, Lantmiteriet; Agren et al. (2015 and
2016)]. The model was computed by J. Agren as a result of the efforts of the NKG
working group on geoid and height determination.

e Method:

Least Squares Modification of Stokes’ formula (stochastic kernel modifica-
tion) with Additive corrections (LSMSA- or KTH-method).
Implementation written by J. Agren LM/KTH (most key programs the same
as in KTH Geolab software package)

Stokes’ integration: 2° spherical cap using the 1-D-FFT method (100% zero
padding)

EGM: GO_CONS_GCF_2_DIR_RS5 with M = 300

Modification: Unbiased Least Squares Modification with gravity anomaly
error degree variances (DV) chosen as a combination of band-limited white
noise and the reciprocal distance model (1 mGal white noise, 0.5 mGal
correlated noise with correlation length 0.25°), formal EGM error DV and
re-scaled Tscherning and Rapp signal DV.

e Gravity anomaly gridding:

Remove-interpolate-restore using Least Squares Collocation (GEOGRID)
on the gravity anomaly reduced for:

e EGM effect by GO_CONS_GCF_2_DIR_RS with M = 240.

e RTM effect computed by terrain corrections only with 3” x 6" to 25 km
(in flat areas 0.0025 x 0.0050°) and 0.01 x 0.02° to 167 km. Restore
0.01 x 0.02°.

e Ice model effect (i.e. effect due to the density difference between rock and
ice) computed by rectangular prisms (close to the point) and spherical
integration (further away) using the Airy-Heiskanen isostatic compen-
sation method.

e Other comments:

EIGEN-6C4 with M = 2190 was used in areas without gravity observations
to generate pseudo-observations.

Cross validation on the reduced gravity anomaly with 20 mGal rejection
limit.
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10 15 200 25 3

Fig. 6.2 Differences GNSS-levelling minus NKG2015 quasigeoid model after a common
1-parameter bias fit using the national EVRS realizations

Table 6.4 Statistics for the GNSS/levelling minus NKG2015 quasigeoid models after a common
1-parameter fit for the whole area using the national EVRS realizations. Unit: metre

(metre) No. of points Before fit After common 1-parameter fit
# Mean Mean Std RMS

All 2538 —0.4876 0.0000 0.0299 0.0298
Denmark 675 —0.0166 0.0169 0.0237
Estonia 114 0.0071 0.0147 0.0163
Finland 50 0.0052 0.0214 0.0307
Latvia 54 —0.0186 0.0247 0.0307
Lithuania 546 0.0021 0.0332 0.0333
Norway 902 0.0070 0.0333 0.0340
Sweden 197 0.0180 0.0185 0.0258
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Table 6.5 Approximate GNSS/levelling accuracy (from J. Agren; private communication) and
derived accuracy of the NKG2015 geoid model. Unit: mm

Country Denmark | Estonia | Finland |Latvia |Lithuania |Norway |Sweden
GNSS/ 15 15 15 20 20 15 15
levelling

NKG2015 8 - 15 15 27 30 11

— The quasigeoid was computed corresponding to the new IHRS W, value.

— A small-land uplift correction was applied for the fact that the “epoch” of the
EGM differs from the epoch 2000.0 has been applied (NKG2005LU). (The
latter is very small, below 4 mm.)

The results are demonstrated in Fig. 6.2 and Tables 6.4 and 6.5. The RMS
agreement between GNSS/levelling and NKG2015 geoid models all over the area is
30 mm with national mean differences varying from —19 mm (Latvia) to +18 mm
(Sweden). The national standard errors of differences vary between 14 mm
(Estonia) and 33 mm (Norway and Lithuania).

By considering the standard deviation differences between GNSS/levelling and
NKG2015 geoid model, as well as the approximate GNSS/levelling accuracies, the
estimated accuracies by country of NKG2015 geoid model is obtained as reported
in Table 6.5. The estimated accuracy is 3 cm or less and reaches 1 cm for Denmark
and Sweden. For more details see Agren (2016).

Ssengendo (2015) studied the LSMSA technique for the proposal of a new
vertical datum in Uganda. As there were a very limited number of existing
first-order vertical control points in the country, a new height network was
requested. As is the case in many (not only developing) countries, the old height
network in Uganda is based on normal-orthometric heights. Ssengendo used these
heights for GPS/levelling of geoid or possibly quasigeoid heights, which was in
doubt as the levelled heights were normal-orthometric heights. Comparing with
gravimetric quasigeoid and geoid heights determined by the LSMSA method, he
found RMS differences with GNSS-levelling results of 8 and 15 cm, respectively,
after 4-parameter fits, suggesting that the normal-orthometric heights can be
regarded as approximations to normal heights rather than to orthometric heights.
Based on this finding, Ssengendo (ibid.) proposed that the future vertical datum of
Uganda should be based on normal heights and a quasigeoid model.

6.7 Concluding Remarks

In theory, the RCR and LSMSA methods should provide the same geoid and
quasigeoid estimates, but, in numerical practice, they usually differ. To some extent,
the differences are due to numerical interpolations and integrations, but there are
also differences related to the specific methods as described above in Sect. 6.4.
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In RCR applications, it is common to select a suitable topographic reduction model
(e.g. Helmert condensation, isostatic reduction or Residual Terrain Modelling) to
make the gravity anomaly smooth and suitable for interpolation and integration as
well as the PITE small. The choice of reduction model is not relevant in the
LSMSA method as it computes the combined topographic effect on the geoid
height, which cannot contain any topographic reduction. Also, in quasigeoid
determination, the combined topographic effect is zero.

As shown in the previous section, the estimated accuracies of the quasigeoid
heights in Denmark and Sweden are of the order of 1 cm. Along with future
improvements in GNSS position, the user will ask for even better geoid models, and
it is not unlikely that the 5 mm geoid will be required. Therefore, the NKG started a
project to investigate the requirements for such a model. This model was defined as
a quasigeoid model with an overall relative accuracy (standard error) of 5 mm, and
there is no corrector surface applied based on GNSS-levelling. So far it has been
shown that requirements will be fulfilled for Sweden (Agren and Sjoberg 2014;
Sjoberg and Agren 2014):

— The average 5 km resolution and present accuracy of the gravity net will be
sufficient provided that the data are updated for some systematic errors and data
gaps, and the data in surrounding areas, e.g. the Baltic Sea, need improvements.

— Systematic errors in the Digital Elevation Models (DEMs) are not a problem
over Sweden, where a high-resolution and quality DEM is available.
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Chapter 7
Further Tools in Physical Geodesy

Abstract This chapter deals with a variety of questions in physical geodesy.
Various methods to determine the quasigeoid, such as Molodensky’s and
Bjerhammar’s methods as well as Stokes’ extended formula at point level, are
briefly presented. It also deals with the correction from the height anomaly to the
geoid height, the combination of geoid models from gravimetric and geometric
data, some methods to determine the potential at the geoid (Wy), which is needed
for absolute geoid determination, and spectral smoothing and combinations. Finally
an emerging relativistic technique for direct-height and geoid-height determinations
is concisely presented.

Keywords Atomic clocks - Bjerhammar’s method - Molodensky’s method -
Potential at the geoid - Quasigeoid

7.1 Quasigeoid Determination

As briefly introduced at the beginning of Chap. 4, the concepts of the quasigeoid
height (or height anomaly) and the surface-gravity anomaly were created by
Molodensky et al. (1962). The surface connecting all points Q with normal potential
Ug = Wp (with the geopotential W located at the surface point P) is called the
telluroid, and its projection on the reference ellipsoid is denoted the quasigeoid (see
Fig. 4.3). The great advantage of introducing the quasigeoid as a reference surface
instead of the geoid is that it can be determined without any information about the
topographic density distribution.

A few methods to determine the quasigeoid are presented in the next sections.
Two additional methods (the RCR and LSMSA techniques) were already presented
in Sect. 6.3.
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7.1.1 Molodensky’s Method

As a contrast to Stokes’ integration of the geoid height, Molodensky presented a
solution to the height anomaly that integrates surface-gravity anomalies over the
Earth’s surface. The method utilizes a surface density (x) integral on the Earth’s
surface (E) of the disturbing potential:

T = //%dE, (7.1a)
E
where:

dE = #* do

o B (7.1b)

Here r is the radius vector of the integration point and f is the inclination angle of

the terrain. By inserting (7.1a) into the boundary condition in spherical approxi-
mation, (3.23b), one obtains an observation equation for the surface gravity

anomaly:
3 2=\ r* do
2mKp — = E)— = Agp. 7.2
e // (Zl+ 28 )ercos[)’ gr (72)

This is a linear Fredholm integral equation of the second kind that numerically can
be written as the matrix equation

k+ Kk = Ag, (7.3a)
which possibly can be solved by iteration:
kD = Ag— KkW; k=0,1,2,.... (7.3b)

By inserting the solution for the density anomaly into (7.1a) and applying Bruns’
formula, the height anomaly is obtained:

1 Kj(k)
¢ E

Molodensky developed the iteration procedure further by successive approxima-
tions of the form (Heiskanen and Moritz 1967, Sect. 8.7):
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(=0+0+... =1 VQ// Godo-+—// W)Gido + .. (7.5a)

where: Gy = Ag and

//h h‘”( 32% 0>d (7.5b)

Iteration to higher-order terms can be found in Moritz (1980, pp. 362-364).

Although the solution is elegant, it suffers from the cumbersome integration on
the rough surface of the Earth. In fact, this is only possible if one
assumes/approximates the Earth as a star shaped body with slopes not exceeding
45°. According to Moritz (1980, Sect. 47), the series is an asymptotic series for
larger slopes, implying that the series provides a good approximation when trun-
cated to a few terms only, but will be impaired when including more terms.
However, in rough terrain the slope of the terrain by far exceeds 45°, and the
approximation is too crude for the purpose, which aims at determining the (quasi)
geoid to, say, 1 cm.

7.1.2 Bjerhammar’s Method and Collocation

Krarup (1969) emphasized that traditional geodesists derived the geoid estimates
from the perspective of solving a boundary value problem. This view is also at hand
in Molodensky’s approach to determine the quasigeoid. As a contrast, Bjerhammar
(1962) and (1963) developed a method based on solving a linear system of discrete
observation equations. The method includes analytical continuation of the gravity
anomaly. Using Poisson’s integral formula for the observed surface-gravity

anomaly
R2 Ag*
Agp = ——d 7.6
&p = 47T}’P // o ( )

an integral equation is formed for the fictitious gravity anomalies Ag* on the
internal sphere (the Bjerhammar sphere) of radius R (see Fig. 7.1). Once Ag* has
been solved, the classical forward solutions of Eq. (7.6)

Tp = % / / S(rp, ) Ag*do (7.7)

and similar expressions for the external Vening Meinesz’ formulas (Eq. 3.44), etc.,
can be utilized for solving the gravity anomaly, disturbing potential and deflections
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Fig. 7.1 Reduction of
measured gravity anomaly to
the internal sphere
(Bjerhammar sphere)

of the vertical at any point on or outside the Earth’s surface. Equation (7.7) inserted
into Bruns’ formula yields the height anomaly.

This is the simple formulation of Bjerhammar’s method. However, its practical
implementation is not easy. First of all, it is not likely that the fictitious gravity
anomaly exists in the continuous case. [It is said that also Molodensky, at an early
stage, was considering a similar technique, but gave it up.] However, Bjerhammar
argued that the practical case will always deal with a finite number of observations,
which always has a solution. Then Eq. (7.6) leads to the matrix equation

KAg" = Ag. (7.8)

As this equation is a first-order Fredholm integral equation, it quickly becomes
numerically unstable for an increasing number of observations, unknowns and
elevation, but there is always a unique solution available, e.g. by utilizing the
method of Singular Value Decomposition (e.g. Bjerhammar 1973, pp. 345-347).

If the system (7.8) is over-determined (with more observations than unknowns),
formally there is a unique least squares solution (see section 2.1.1)

Ag" = (K'PK) 'K'PAg (7.9a)

that minimizes the sum of squares of residuals &/ Pg, where P is a weight matrix.
If the system is under-determined, there is a unique least squares solution that

minimizes the norm (Ag*)T Q !Ag:
Ag* = QK(KQK') 'Ag. (7.9b)

Inserting the solution of Eq. (7.9b) into (7.8), one gets back to the surface obser-
vations (which are not fictitious). This procedure can be generalized to the pre-
diction that other gravity anomaly related parameters justby changing the matrix
K to a suitable discretized integral (see Eq. 7.10 below). This means that this
technique yields fictitious (biased) predictions inside the masses and unbiased
predictions on the surface and outside the masses.
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As shown by Sjoberg (1975) and (1978), this solution leads to the solution by
collocation when choosing the norm matrix Q as a diagonal matrix with diagonal
elements:

N
le = AS;/S, where ZASi =8 = 4nR?, (7.9¢)
i=1

and AS; is a surface element on the sphere of radius R. To see this, let a quantity
u be linearly related with the gravity anomaly by the coefficient vector k. Then its
prediction becomes:

i =k"Ag" = K'QK' (KQK') ' Ag, (7.10)

and when the number of surface elements (N) on the Bjerhammar sphere (as well as
observations) goes to infinity, it follows that:

d
0;' H?SanditHcTC’lAg, (7.11)

where (in the concept of collocation) ¢ is the cross-covariance matrix between u and
Ag and C is the auto-covariance matrix of the gravity anomaly with elements

cji = lim(kTQKT)ﬁ and C; = lim(KQKT)l.j asN — ooand (AS;)  — 0. (7.12)

max
Bjerhammar’s method can also be seen as a parallel to the mass-point technique
used by many scientists for solving problems in physical geodesy. These types of
methods often use Newton’s formula or similar ones for predefined locations of
point masses, while Bjerhammar uses Poisson’s formula for gravity anomalies. If
all mass points are located on the Bjerhammar sphere, the mass point technique is
very similar to Bjerhammar’s Dirac approach (Bjerhammar 1975) to solve his
problem. Sjoberg (1975 and 1978) generalized Bjerhammar’s method by using
various fictitious layers on the inner sphere.

Bjerhammar’s method was first met with scepticism among geodesists, and their
main argument was that Ag* does not exist, is not unique and/or cannot be deter-
mined to sufficient accuracy. Bjerhammar agreed that this was true in the contin-
uous case, but he argued that in the practical case there is only a finite number of
observations that can provide a unique solution to Ag* . Among the first prominent
geodesists to appreciate Bjerhammar’s arguments were H. Moritz, who devoted one
section of Heiskanen and Moritz (1967, Sect. 8.7) to this idea, and another believer
was M. Hotine (Hotine 1969, pp. 323-324). Later (Moritz 1980, Sect. 45) devel-
oped the method of analytical continuation further, but now with direct application
at point level and not at the Bjerhammar sphere (see Sect. 7.1.3).

T. Krarup thought that Bjerhammar’s arguments were far from convincing, and
he had in mind to prove that Bjerhammar’s technique does not work in practice.
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However, while studying the problem, he became fascinated, and he developed the
method further to least-squares collocation (Krarup 1969). This method is also a
generalization of the statistical least-squares prediction presented by Heiskanen and
Moritz (1967, Chap. 7). While the prediction technique is restricted to interpolation
and extrapolation, collocation can be used, e.g. in estimating the disturbing
potential, the height anomaly and deflections of the vertical from surface-gravity
anomalies. (Section 2.2.1.) Importantly, Krarup’s report also included a theoretical
proof of convergence of the approximation by this method (the Runge-Krarup
theorem). In this way, both Bjerhammar’s method and collocation have a foun-
dation in modern approximation theory.

Collocation, as presented by Krarup (1969), is based on a statistical concept with
covariance functions developed by Moritz (1972 and 1980). However, the con-
version from Bjerhammar’s deterministic approach to the statistical concept is not
at all evident and must be regarded with scepticism. Lauritzen (1973) proved that
the empirical covariance function on the sphere is not ergodic for a normally
distributed gravity field, implying that it is not possible to determine the degree
variances of the isotropic covariance function even if the gravity field were known
all over the sphere. As a result, collocation should first of all be regarded as an
approximation technique that works best for interpolation tasks and to some extent
for preliminary generalized interpolation, which can hardly reach the highest
accuracy. Nevertheless, collocation is much applied also today in physical geodesy
(e.g. Tscherning 2013).

7.1.3 Analytical Continuation at Point Level

The quasigeoid can also be determined by Stokes’ formula similar to the geoid
height by applying Bruns’ formula to Eq. (7.7) as in Bjerhammar (1962):

R
(p= o //S(rp,t//)Ag*da, (7.13a)

where 7 is normal gravity at normal height, and S(rp, V) is the extended Stokes’
formula (Heiskanen and Moritz 1967, p. 233):

S(rp ) =3 2] (5> Pa(cos ), (7.13b)

~n— 1 \rp
which was presented in a closed form in Eq. (3.33c).

As an attractive alternative, the height anomaly can also be determined at
computational point level by the original Stokes’ formula by analytically continued
gravity anomalies Ag(rp, Q) on a sphere through the computation point P:
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(p= e // V)Ag(rp, O (7.13c¢)

From the previous formula, one can derive the following convenient form for
computing the height anomaly:

C’P = (CP) + dé/dwcv (71421)
where:
(@) = 4= [[ stw)aade (7.14b)

is the approximate height anomaly, and

r
é/dwc == // Ag er AgQ}do-Q

S // (aAg) (Hp — Hp)dog (7.14c)

is an additive correction for the analytical continuation.
Equation (7.14a) can be extended to the LSMSA strategy (cf. Equation 6.6a) as
follows:

LM — (M) 4 dlh,, +dls+dC, p, (7.152)

where:

=2

M n+1
M) :4r—7;)//SL(lp)Agda Z (si+0%) ( ) Agn, (7.15b)

and

dthe = ﬂ’ 8s(rr, ) ~ Adldog
L s (22) -

The additive effects d(; and d{,p for atmospheric and ellipsoidal effects are

(7.15¢)

practically the same as for the geoid estimator. (A slightly different estimator z p was
derived by Agren 2004, Sect. 9.5.1).
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The determination of the quasigeoid by analytical continuation has the advan-
tage over Molodensky’s original approach (integration over the Earth’s surface, or,
more precisely, the telluroid) that the integration surface is smooth, and there are
therefore no integration problems. Also note that there is no topographic effect for
the quasigeoid estimator (in contrast to the geoid estimator), implying that the
quasigeoid is independent on the topographic density variations. Most European
states use M. S. Molodensky’s concept of normal heights for their height systems
with a quasigeoid model as the reference surface, while the rest of the world relies
on orthometric heights with the geoid as the zero-level. Considering the advances in
data caption and theory for geoid and quasigeoid determinations, the question is
which system is the best choice for the future. It is reasonable to assume that the
latter concept, in contrast to the former, will always suffer from some uncertainty in
the topographic density distribution, while Molodensky’s approach to quasigeoid
determination has a convergence problem. On the contrary, geoid and quasigeoid
models computed by analytical continuation (e.g. RCR technique or KTH method)
have no integration problem, and the quasigeoid can always be determined at least
as accurately as the geoid. As the numerical instability of the analytical continuation
is better controlled in the KTH method vs. the RCR method, we propose that any
future height system be based on normal heights with a quasigeoid model computed
similarly to or directly based on the KTH method (least squares modification of
Stokes formula with additive corrections). However, one should also consider that
the geoid, in contrast to the quasigeoid, is a level surface in the Earth’s gravity
potential field, which possibly is easier to interpolate between discrete computa-
tional points.

7.2 Comparison of Geoid and Quasigeoid Models

The classical formula for determining the geoid-from-quasigeoid correction (GQC)
is (Heiskanen and Moritz 1967, Sect. 8.13)
5_ 5 B

- A
GQC:N%:%HP%%HP, (7.16)

where N is the geoid height, { is the height anomaly, Ag? is the simple Bouguer
gravity anomaly, g and 7y are the means of gravity along the plumb-line from the
geoid to surface-point and normal gravity between the reference ellipsoid and
normal height, respectively, and Hp is the orthometric height at the computation
point P. This formula can be considerably improved in mountainous regions by
adding a term with the topographic potential differences at the geoid and surface
(Flury and Rummel 2009):
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~B T T
A vi—vy
GOC ~ %Her s P (7.17)

v

where A§B is the refined Bouguer gravity anomaly.

Sjoberg (2010) and (2012) developed the formula further to a strict expression
for a surface-gravity anomaly Ag§ reduced for the topographic signal with an
arbitrary compensation, yielding:

A dvy dvy
Goc =28y, e Ve o (7.18a)
Y Yo Yo

where dVT = VT — V¢, V¢ being the compensation potential, and

Hp
Cc C
res:/A—gdh—&Hp (7.18b)
Y Y
0

is the residual term, which is assumed to be negligible in most situations and
therefore not explicitly expressed in practical form. If the compensation model is an
isostatic model, all terms in Eq. (7.18b) are small compared to those in Eq. (7.17).
Equation (7.18a) is consistent with Bruns’ formula and “the boundary condition”,
Egs. (4.12a, 4.12b).

Today’s GNSS positioning by gravity surveys make possible direct determina-
tion of the gravity disturbance. Alternatively, according to Eqs. (4.12a, 4.12b), it
can be determined as a small correction to the gravity anomaly. As we will show
here (see also Sjoberg 2015), the GOC can be determined more precisely from this
quantity than from the gravity anomaly.The disturbing potential difference at the
geoid and the surface point P can be expressed:

DT =T, —Tp =T, =Ty +V; = V[. (7.19)

As the no-topography disturbing potential at the geoid, T} does not include the
topographic signal, it can be expressed as a Taylor series at the surface point P:

T s (—Hp)* (OFTM - Krok1og8
T _kz:; k! (aHk P_ ,Z k. oHK1 ) ) (7.20)

where we have used the relation:

8TNT
B _ —
o =~ % (7.21)

By inserting Eq. (7.20) into Eq. (7.19) one obtains:
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- o 158 T T
2 o (aH" i )P+Vg -V (7.22)

and by considering that the GOC can be expressed:

T, T, —7 DT
GOC=N_(=-8_"F_;le"V0 27 (7.23)
Yo Yo Y0 Yo

one finally arrives at the following strict formula for the difference:

ogp o=t Vi = Ve 1S (Hp) (0F 156"
GOC = =LHp+( + £ S . (7.24a
Y0 : Yo Yo “/0; k! o Jp ( :

where:
ogP =0g— AT (7.24b)

is the Bouguer gravity disturbance. The first two terms on the right hand-side of
Eq. (7.24a) can be approximated by:

ogp Yo — ogp H
98P b, P20 (ﬁ—2C>HPAgP fr (7.25)
Yo Yo Yo rp Yo

so that the final equation becomes:

Hp vl — VIZ I & (—Hp)k 8k_15g3
GOC~AgE— + & = — . 7.26
P Yo Yo kz:; k! o1 ) p (7:26)

The approximation used in Eq. (7.25) is less than 1 mm for any place on Earth, so
that Eq. (7.26) can practically be regarded as a strict representation of the GOC.

Similar to Eq. (7.18a), the GQC in (7.26) can also be expressed with an arbitrary
topographic compensation. The result is:

58 vg—70  dVE—dVe
Goc =2rp, fe—To

<ak 15g
Yo Yo

kz S )P (7.27)

or

GOC ~ Ags—~

dVe —dVy 1 & (—Hp)* (0 15g°

Yo Yo ) k=2 8hk_l
As can be seen, the above solutions for the GQC require that the topographic
attraction and its radial derivatives be determined. To simplify this burden, we
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present below a method that includes the topographic bias. We start from the
disturbing potential difference at the geoid and surface point P:

DT =T, —Tp =T, — Tp+T; — Tp, (7.29)
where T} is the analytically continued disturbing potential at the geoid. Here the

difference T, — Ty is the topographic bias, which for a constant topographic density
distribution, was given by Eq. (5.21). Moreover,

* - (_HP )k akilég
Tp—Tp=—)_ k! = (7.30)
k=1 P
so that the difference between the geoid and quasigeoid heights becomes:

Yo — Yo 2 2H\ 1SN (—Hp)* (9Fog
GOC=——(-2nGp| Hp+ — | —— E 7.31
Q V() C n ,0< P + 3R y() - k' ahk,I P7 ( a)

or, approximately:

Agp ,  2HD\ 1 S (—Hp)* (9% 1og
GOC ~——Hp —2nGp| H — ] —— — . 7.31b
0 Yo poen 'D( Pt 3R VOJZ:; k! on=1 ), ( )

As we can see, the only topographic information needed in this formula is the
orthometric height and topographic density at the computation point. In practice,
these equations can be used with only a few (if any) vertical gradients of the
disturbing potential. Note that no terrain correction is needed.

7.2.1 The Geoid Versus the Quasigeoid: A Practical View

As we can see from above, the computational burden to determine the geoid and
quasigeoid are pretty much the same when using Stokes’ original and extended
formulas, respectively. It would be more cumbersome to determine the quasigeoid
by Molodensky’s method, in which successive approximation is inclined to diverge
for rough terrain. However, the estimation of the quasigeoid needs no topographic
correction, although from a practical viewpoint, it can be attractive to smooth the
observed gravity field by a remove-restore technique for the topography (but here
the topographic model must not be as accurate as for geoid determination).

As a conclusion, the quasigeoid can be more precisely determined, while the
geoid model always suffers from the uncertainty in the topographic model (see also
Sjoberg 2013b).

On the other hand, the geoid is a geopotential surface, but the quasigeoid is
not. Hence, the geoid is more suitable for interpolation between discrete
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computational points, a practical fact that might be relevant for a very high
resolution of the model.

7.2.2 Precise Orthometric Heights

It was argued in Chap. 3 that normal heights, in contrast to orthometric heights, can
be determined without topographic mass information. See Eqgs. (3.94a—c). Also,
from Eq. (3.95) it is obvious that the orthometric height can be determined as a
correction to the normal height by subtracting the GOC:

Hp = HY — GQOC. (7.32)

In this way, precise orthometric heights can be determined from normal heights.

7.3 Combinations of Gravimetric and Geometric Geoid
Solutions

So far we have only considered gravimetric geoid solutions. However, very sig-
nificant geoid information is also provided by geometric methods. In the next
section, we will first present the representation and combination of geometric geoid
data, and in Sect. 7.3.2 the geometric and gravimetric types of data are combined.

7.3.1 Geometric Geoid Mapping

Geometric geoid solutions are provided, e.g. from satellite positioning, satellite
altimetry and astro-geodetic levelling. Common to these methods are the derived
geoidal heights that are obtained in discrete points and not directly covering a
surface. Hence, there remains a mapping problem to solve the interpolation of the
geoid from the point values to the surface representation. This problem can be
solved in various ways, and below we will present three solutions: polynomial
representation, least-squares interpolation (collocation) and Bjerhammar‘s inter-
polation technique.

(a) Polynomial Representation:

The planar positions in a local area are defined by the coordinates (x,y), where:
x=R(¢p — @) andy = (1 — Ao)R cos ¢, . Here R is the mean Earth radius for
the region, and (¢, Ao) is the latitude and longitude of a central point of the region.
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Let the geoid height N at the point (x,y) be represented by the polynomial

ne Ny

N(x,y)=Co+ > ) Cyrly/ (7.33)

i=1 j=1

where Cy and C;; are constants to be estimated, and n, and n, are selected upper
summation indices. If the number of geometric geoid heights available are more
than nyn, + 1, the constants and their covariance matrix of Eq. (7.33) can be
determined by least-squares adjustment, as explained in the following. Let us write
Eq. (7.33) in the vector form

N(x,y) =h'c (7.34)

where the vector h contains the known terms of combinations xiy-f , and the vector
¢ includes the unknown coefficients Cy and Cj;. If there are more such equations
than the number of terms in ¢, the system of equations

He=N-¢ (7.35)

where ¢ is the residual vector of the matrix equation, assumed to be random with
expectation zero, can be solved by adjustment by elements. The solution becomes:

¢= (H"H) 'H'N (7.36a)
with the covariance matrix
Q.. = c*(H'H)™ (7.36b)

where o2 is the variance of unit weight. Now, the solution ¢ can be used for surface
mapping at any point P according to the formula

N (xp,yp) = hpé (7.37)
where hp is the vector h applied to point P. The prediction variance is then given by:
ox, = hpQechp. (7.38)

In this method various types of geometric geoid heights can be included, and if the
quality of the data varies, the least squares procedure should be weighted.

The weakness of the polynomial method is that only very limited upper degrees
n, and n, of the polynomials are possible, unless there is a dense and homogeneous
surface coverage of data. If this is not the case, the surface representation is likely to
oscillate unrealistically in areas not covered by observations. Consequently, the
practical solution usually becomes too smooth to represent a detailed geoid
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mapping. However, this method could be a starting point to represent the geoid
trends in the area in combination with details estimated by the least-squares
interpolation method presented next.

(b) Least-Squares Interpolation.

Let us assume that the possible geoid trends of the region have been determined by the
polynomial method in a). For each geometric geoid observation N, the residual dN; is
computed by removing the trend. Then one may assume that dN; is random with
expectation zero. Now, introduce the general residual estimator or predictor at a point P:

ONp = abdN (7.39)

where al, is an arbitrary vector and dN is the vector of residuals dN;. Let us denote
the true residual represented by dN as &p . Then the prediction error is:

£y = apAN = &p (7.40)
and the prediction variance becomes:
%o, = F {Sdﬁf;;,,} = 05— 2apq +apQap (7.41)
where
o3 =FE{&), q=FE{dN&} andQ=E{dNdN}  (7.42)

Differentiating Eq. (7.42) with respect to a and equating it to zero, the least-squares
choice for a is obtained as:

ap=Qq (7.43)
and the least-squares prediction/interpolation variance becomes:

2 2 Ty,
~ = — 44
Gdzvp o, —q ap (7.44)
Hence the least-squares residual predictor is given by

dNp = agdN = ¢"Q1dN (7.45)

with the above prediction variance. This method can thus be used together with the
previous polynomial trend-estimation technique. One weakness of the method is the
representation of the covariance function for q and Q. However, this is not a major
problem for the interpolation.
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(¢c) Bjerhammar's Interpolation Technique

Bjerhammar (1973, p. 324) proposes the following method for interpolation and
smoothing:

N 1 & N;
Np=—=» ——— 7.46a
g D n=1 (dlz’i + K) ( )
where
D=> (dp+1)" (7.46b)
n=1

Here dp; is the distance between the points P and i, and x is an arbitrary, small,
positive smoothing constant. The constant v is a selected power of the weighting.
For k = 0, the method implies pure interpolation. This method, that for v = 3
resembles Poisson‘s integral formula, is very simple, but it does not provide an
estimate of the prediction v.

7.3.2 Least Squares Combination of Gravimetric
and Geometric Geoid Data

Before the gravimetric and geometric geoid estimates can be merged, it is essential
to know whether there are significant biases, tilts or any other type of systematic
differences between the two data sets. This question can be answered by the fol-
lowing test.

Let us introduce the difference d; = x; — y; between a gravimetric geoid height x;
and a geometric geoid height y;,, We assume that both data sets are normally
distributed, and that the n number of available differences is uncorrelated with the
mean value d and standard error s; given by the equations

n

1 ) 1 5
=-3 g 2o —d). 4
d n;d, and 52 n(n_l)Z(d, d) (7.47)

i=1

We form the test variable T = |Zi ’ /52, which is Student (¢-) distributed with n—1
degrees of freedom. Hence, if T <t%(n — 1), where 7 is obtained from a statistical -
table at the chosen risk level o (e.g. 5%), then it is concluded that the null
hypothesis (Hy: there is no bias between the data sets x; and y;) is accepted,
otherwise Hj is rejected.

If Hy is rejected, one may possibly estimate the long-wavelength discrepancy
between the two data sets by linear regression. For example, geoid heights deter-
mined by satellite positioning and levelling may be contaminated by systematic
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errors of both the satellite system and the levelling system, but also the gravimetric
geoid heights may be biased and tilted. A standard four-parameter model to account
for bias and tilts between two such systems (or, more precisely for different zero-
and first-degree harmonic terms) is:

AN; — & = a+ b cos ¢; cos A; + ¢ cos @; sin 4; +d sin ¢, (7.48a)

where AN; is the gravimetric geoid height minus the geometric geoid height at point
number 7, and the coefficients a, b, ¢ and d are the transformation parameters which can
be determined together with their standard errors in a least squares adjustment from
the dataset AN;;i = 1,2, ..., n. Only a transformation model with all parameters being
significantly different from zero should be used in the final transformation model
derived from Eq. (7.48a). For a local region the simple three-parameter model

AN; — & = a+bR(p; — ¢y) + (4 — Ao)cR cos Ag (7.48b)

may be more suitable. Here, (¢, 49) is the pair of latitude and longitude of a
selected central point of the region, and R is the mean Earth radius of the region.
More generally, we can write the linear transformation as:

AN; — & = a’x, (7.48c¢)

where the vector a contains the known transformation functions and x consists of
the transformation parameters. For instance, in the case of five- and
seven-parameter transformations, frequently:

a"x = x; + (cos @ cos A)xs + (cos ¢ sin A)x3 + (sin @)x4 + (sin® @)xs  (7.48d)
and

sin ¢ cos ¢ sin 4
— |
w

. )v 1 _ 2 . 2 . 2 )
N (sm(p cc;;/(p cos )Xs N ( stm (P)X6+ (sn‘l}v(p)x7

(7.48¢)

a'x = (cos @ cos 2)x; + (cos ¢ sin A)x; + (sin ¢)x3 + (

respectively, where W = /1 — e2sin® ¢ and f is the flattening of the reference
ellipsoid. In general, the error component ¢; can vary from point to point, which effect
can beconsidered by using appropriate weights in the least-squares adjustment.

The choice of transformation model can be judged from various tests, where the
significance test of the parameters is one, and “the coefficient of determination” is
another. The first test compares each set of normed least-squares estimated
parameters (X;/s3, ) against the Student’s t- (or tao-) distribution table to test whether
the estimated x; is significant. The second test uses the coefficient of determination
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(R?) or R-squared, which is a test statistic of the goodness-of-fit of a regression
model, and it tells how well the model fits the observation points by a rational
number. In case of perfect fit, the number is one, otherwise the number is smaller.
Hence, the closer the number is to one, the better is the regression model. There are
various expressions for R?, all of them related to the total, and either the regression
or residual sum of squares (with obvious notations):

SS(tor) =y (yi = ¥)*, SS(reg) =Y _ (3 — ¥)* and SS(reg) = > _ (3 — )’

i i i

(7.49a)

respectively, where y; and Y are an individual observation (in the present case equal
to AN;) and its mean value for the set of observations, respectively, and y; is the
adjusted observation. A general expression for R-squared is:

g2 =1 3Stes) (7.49b)
SS(to1)
which in linear regression equals:
SS(res)
R = 7.49
SS(tor) (7.49¢)

Equations (7.49b) and (7.49c¢) relate to the unexplained and explained fractions of
the total variance, respectively. Another definition of R? is “the adjusted coefficient
of determination”, given by:

k—1

2 _ 1 _ _ p2
R.=1-(1 R)n_k,

a

(7.49d)

which better considers additional parameters in the regression than R”> . Here k is
the number of unknowns in the regression model.

Once the transformation model has been settled, it is used to correct (added to) all
geometric geoid heights to remove the systematic deviations vs. the gravimetric
model. The result of the transformation by one of Eqs. (7.48a—7.48e) is thus a set of
approximately-independent, geometric geoid heights consistent with the gravimetric
geoid heights. These discrete and corrected geometric geoid heights can now be used
with any of the surface mapping methods of the previous section for geoid deter-
mination at arbitrary points. The geometric geoid height yp, corrected for systematic
errors, is finally merged with the gravimetric geoid height xp by the weighted mean:

Np = DxXp +pyyp

where p; = s, > withk = x, y. (7.50)
Dx+Dy ,

The estimator Np is the best solution for the geoid height according to least-squares
theory. However, it does not necessarily provide the best transformation of a
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geodetic height 4 to the orthometric or normal height. This problem (GNSS lev-
elling) is treated in the next section.

7.3.3 GNSS Levelling

In surveying engineering, it is common to transform GNSS-derived geodetic
heights / to regional/national orthometric or normal heights (H and H", respec-
tively) by subtracting the geoid or quasigeoid height, respectively. However, due to
the systematic differences in the triplet geoid, GNSS and levelling heights, it is
more fruitful to make use of the transformation model between gravimetric, GNSS
and levelling systems discussed in the previous section. However, as in this case
one wants to correct the gravimetric geoid model to the geometric/GNSS model, the
“corrective surface” is the negative of the transformations, e.g. provided by
Eqgs. (7.48a—7.48e). This problem is also related to the problem of discriminating
the error sources to those related with the gravimetric geoid model and those related
with the geometric geoid modelling. Moreover, in the combination of these two
types of models, it is possible to improve the weight relations by employing
so-called variance component estimation (e.g. Sjoberg 1983, 1984) along with the
combination of the two types of models. For more details, see, e.g. Fotopolous
(2003, 2013).

7.4 The Determination of W,

7.4.1 Introduction

The level surface of the Earth’s gravity field defined by the undisturbed sea level is
the Gauss—Listing definition of the geoid (Gauss 1828; Listing 1873). Choosing
the geoid as the global vertical datum (GVD) implies that the datum is defined by
the potential (W) of this particular level surface of the Earth’s gravity field.

Frequently, the normal potential U; at the selected reference ellipsoid, e.g.
Geodetic Reference System 1980 (GRS80), is defined to be equal to that of the
geoid, which is not well known. Then the problem is that U; will not be precise
enough for today’s need for defining W), as the data has considerably improved and
mean sea level has been increasing by the order of 1.7 mm/year on average during
the 1900s and accelerating to more than 3 mm/year today (e.g. Nicholls and
Cazenave 2010). That is, although U; may be kept fixed to that of the GRS80
reference system, the geopotential at the geoid (W) frequently needs a realization
that better agrees with the Gauss—Listing definition.

The advent of satellite altimetry in the 1970s provided a tool for the realization
of a GVD as being the equipotential surface of the Earth’s gravity field that
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minimizes the sea-surface topography (SST) over all the oceans in a least-squares
sense (Mather 1978). This leads to Approach I as treated in the next section, which
implies a direct integration of satellite altimetry derived from sea-surface topog-
raphy (SST; frequently also denoted Dynamic Ocean Topography) combined with
the potential of an Earth gravitational model (EGM) over all the oceans. In contrast,
Approach II consists of using the same data to first determine the size of the axes of
the globally best-fitting ellipsoid to the geoid surface (called the Mean Earth
Ellipsoid; MEE; Heiskanen and Moritz 1967, p. 214), followed by determining W,
from the result. A major problem with Approach II is that satellite altimetry is only
successful over the oceans, while the method requires global data. Sanchez (2012)
reviews the development in the field with many references. Next we follow the
presentation of Sjoberg (2013a).

In Sect. 7.4.2, Approach I is reviewed and a short discussion is provided on
some of the problems; and in Sect. 7.4.3, Approach II is presented under the
consideration that the zero-degree harmonic for the EGM derived geoid model is
either known or unknown. This implies also that, while the above approaches
assume that both the geocentric gravitational constant and the Earth’s mean daily
angular velocity are known (fixed), we will assume at the end that the former
constant is only approximately known.

7.4.2 Approach I: Direct Determination of W, from Satellite
Altimetry and an EGM

7.4.2.1 Geometric and Gravimetric Geoid Heights

By satellite positioning, the geodetic height 4 of the Earth surface above the ref-
erence ellipsoid can be determined. Assuming also that the orthometric height (H) is
known, the geometric determination of the geoid height becomes:

N'"=h—H. (7.51)

For land areas, this technique for geoid-height determination is usually called
GNSS/levelling, where £ is determined by GNSS technology and H is the ortho-
metric height determined by levelling and gravity. At sea, & is the geodetic height of
mean sea level determined from satellite altimetry, while H is the SST, which
practically is either ignored, derived by some oceanographic method or estimated
from satellite altimetry and a preliminary geoid model. Importantly, for land
applications, Eq. (7.51) suffers from inherited systematic errors, primarily biases, in
the levelling networks, which make the formula less useful (or even useless) for
solving the GVD problem (but useful for transformations from the GVD to local
height systems; e.g. Sjoberg 2011). For ocean areas, Eq. (7.51) is most important
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despite the fact that the SST is frequently unknown and simply neglected. This is
because, except for the long-wavelength gravity-field features as determined by
satellite data, there is very sparse gravity-related data available from other sources
at sea.

As an alternative, the geoid height can also be estimated gravimetrically from an
EGM, such as EGM2008 (Pavlis et al. 2012). Neglecting the atmosphere, the
Earth’s gravity potential outside the topographic masses can be represented as an
external type series of spherical harmonics:

nmi Z Anm( )nJrlYnm(Ha)L)

n=2 m=—n

W(r,0,4) = 2

+d(r,0,1), (7.52)

where (r, 0, 1) are the geocentric radius, co-latitude and longitude of the compu-
tational point, GM, is an adopted value for the geocentric gravitational constant, ®
is Earth’s rotational potential, each spectral potential component A,,, is determined
from a global set of gravity related data by harmonic analysis up to the chosen
degree and order ny,y at the reference radius R and Y, (6, 1) is the surface spherical
harmonic of degree n and order m. One notices that there are no first-degree terms
in Eq. (7.52), which implies that the origin of the coordinate system is selected at
the Earth’s gravity centre. In a similar way, a normal gravity-field potential can also
be expressed as a harmonic series of a gravitational potential plus the rotation
potential:

Nmax

E;( ) S Bun¥on(0,2)

m=-—n

GMl

U(r,0,)) = +®(r,0,0), (7.53)

whose potential is constant (say, U;) on a chosen (level) reference ellipsoid with
mass M;. Then one obtains the following series for the disturbing potential:

T(r.0,%) = W(r,0,%) — U(r,0,1) = S i (E)" i ComYom(0,1), (7.54)

r n=2 r m=—n
where C,,, = A, — By, In practice, one tries to choose the constant GM; as the
best available estimate of the geocentric gravitational constant. From now on, the
disturbing potential estimate from the EGM in Eq. (7.54), limited to some maxi-
mum degree, will be denoted by T2,

A direct way to estimate the geoid potential (W) is to apply Eq. (7.52) at the
radius vector r, of the geoid (e.g. Dayoub et al. 2012):

Wy = Wo = W(rg, 0, 1), (7.55)
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where
re =rg(0,A) = r (6) +N(6,1). (7.56)

Here, r1(0) is the geocentric radius vector of the defined reference ellipsoid, and
N(0, 1) is the related geoid height (which we frequently will abbreviate with N),
which can be estimated geometrically from satellite altimetry in ocean areas
according to Eq. (7.51).

Alternatively, one may start by applying Bruns’ formula for the normal potential
at the geoid (U,; Heiskanen and Moritz 1967, p. 84):

T, =Wy — Uy, =Wy — (U — v,N), (7.57)
which leads to (see also Sacerdote and Sanzo 2004):
Wo = U, — v N+Ty, (758)

where U (= constant) and 7, are the normal potential and gravity on the reference
ellipsoid, respectively. [Actually, v, = y,(0), but we will frequently just use the
short notation. In practice, T = TEGM (r(0), 0, ) can be used for representing
the potential Ty, i.e. the approximation error of using r(0) for r, is usually neg-
ligible.] From Eq. (7.58), it thus follows that the geoid height above the reference
ellipsoid is given by:

_ TEGM 3 AWO
Y1 Y1

N

, (7.59)

where AW, = W, — U;. Equation (7.59) shows that in general the geoid height

TEGM

R 7.60
. (7.60)

NEGM —

determined by the EGM, lacks the unknown correction —AW,/7v;, which must be
determined from geometric data (e.g. by satellite altimetry at sea; see Sect. 2.2). For
a detailed discussion of the determination of the absolute geoid height from an
EGM, see Smith (1998).

It is important to remember that, on the continents, 7, is the disturbing potential
inside the topographic masses, and its computation therefore needs a correction for
the topography. That is, the harmonic series for the geoid height in Eq. (7.60) needs
a correction for the analytical downward continuation error or topographic bias of
TgGM (Sjéberg 1977 and 2007; Martinec 1998, Sects. 7.3—7.4; Agren 2004), which

is —5 cm for the zero-degree harmonic (Sjoberg 2001).
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7.4.2.2 Direct Estimates of W,

Equations (7.55) and (7.58) are the bases for the direct determination of the geoid
potential. One estimator of W, is obtained by averaging Wg of Eq. (7.55) over the
oceans. In two other estimates, one may take advantage of the geodetic height
determined by satellite altimetry by Eq. (7.51) and the disturbing potential (deter-
mined by an EGM) at the surface point on the undisturbed sea level (assumed to be
the geoid surface), possibly corrected for SST, yielding the following result for a
first order Taylor expansion (e.g. Sacerdote and Sans6 2004):

Wo = Ug+ Ty = Uy — phg + TV, (7.61)

where hy = h — SST = N" is the geoid height determined from satellite altimetry.
By taking the mean value over the ocean area (o) of such point-wise estimates for
Wo, one obtains the following estimators of the geopotential at the geoid:

(1) Averaged geopotential on the ocean

. 1
Wo = U, + G—// (TfGM - ylhg)da (7.62)
1
4]

and
(2) Minimized SST (Sacerdote and Sans6 2004)

TIEGM_},hg:|
Wo=U+ {f‘{ P
0= Ui

fors

(7.63)

where subscript P refers to surface point P, and 7 is the mean normal gravity
along the normal height at P.

In a similar way, the estimator of Eq. (7.55) can be averaged over the oceans.

7.4.2.3 Discussion

If the integration area in Eq. (7.62) were the whole sphere, the disturbing potential
determined by the EGM would vanish, and the estimator would be U; minus the
global average of the geometric geoid height (times 7). In all other cases, the
solution depends on the EGM, which includes both commission and omission
errors. For instance, when g, is the area of the oceans, one can expect that the
RMS-geoid error of EGM2008 complete to degree 2159 is about 5-6 cm (Pavlis
et al. 2012), corresponding to an uncertainty in W, of about 0.5-0.6 (m/s)?, and this
value is in agreement with current accuracy in determining W, (Sanchez 2012).
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7.4.3 Approach II: Joint Determination of W,
and the MEE Parameters

7.4.3.1 Introduction

Here the geometric approach to determine W, will be presented under the
assumption that the mean angular velocity of the Earth’s daily rotation (®) is
known, and the problem is to estimate both the dimensions [i.e. semi-major and -
minor axes a and b (or eccentricity e) of the globally best-fitting ellipsoid (= the
Mean Earth Ellipsoid, MEE)], as well as the geoid potential W}, in a joint adjust-
ment from the available geoid surface estimates derived from satellite altimetry and
an EGM. The ideal normal potential U, of the MEE is given by four parameters,
namely, a, b, GM and o (see Sect. 3.2.2 or Heiskanen and Moritz 1967, Eq. 2.61):

M Vi — b2 2 2
Uy = _ M arctan 24 , (7.64)
2 — 2 b 3

or, by using the substitution arctan (e /V1— ez) = arcsin(e),one obtains:

w’a?

GM .
Uy = Earcsm(e) +—5 (7.65)

and this potential is also the best choice for Wj. As will be shown, the geocentric
gravitational constant GM is not part of the adjustment, (but it could be indirectly
estimated from the adjustment results). The general computational procedure is
outlined below.

Similar to Sect. 7.4.2, the first the normal potential U; of a preliminary reference

ellipsoid with geometric parameters a; and by = a;1/1 — €2 and geocentric grav-
itational constant GM; is given:

GM w"a
U = —arcsi L 7.66
1= e arcsin(e;) + 3 (7.66)

Where all parameters are chosen. The radius vector of the surface of this ref-
erence ellipsoid is given by:

ri(B) = ai\/1—elsin® B, (7.67)

where f is the reduced latitude.

According to Heiskanen and Moritz (1967, p. 214), the globally best fitting
reference ellipsoid, i.e. the Mean Earth ellipsoid (MEE), is the ellipsoid, whose
mass is the same as that of the real Earth (requires that M is assumed to be the
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Earth’s mass), and the axes are such that the global mean square of the geoid height
(N) is a minimum:

1 N
E//N do = min.(a,e), (7.68)

where o is the unit sphere. The best-known value for GM has a standard error on the
order of 0.8 m™3s2 (Groten 2004), which corresponds to uncertainties in W, and
the geoid height of 0.1 m?s~2 and 1 cm, respectively. As the present uncertainty in
W, is about 0.5 m?s~2 (e.g. Sanchez 2012), the fixing of GM to the best-known
value may improve W, by adjusting just for the ellipsoidal geometry parameters by
the following geometric approach. This implies that, once a and e have been fixed,
Uy (and yielding Wy = U,) follows from Eq. (7.65).

However, to be more precise in the approach to follow, it is not the integral in
Eq. (7.68) that is to be minimized, but it is the mean square discrepancy between
the radius vector of the geoid surface estimated by ri(f) + N, where r{(f5) is the
radius vector of the reference ellipsoid related to the geoid estimate N, and the
radius vector rg(a, e, B) of a general reference ellipsoid that should be optimized.
Hence, mathematically the problem could be expressed as:

J= % / / (1(B) N — re(a, e, f)’do = min.(a, e), (7.69a)

where:

r(B) = ay/1 — e sin® B. (7.69b)

Once the ellipsoidal parameters a and e of the MEE have been fixed by solving
Eq. (7.69a), the normal potential at the MEE, i.e. Uy of Eq. (7.65), can be com-
puted, provided that GM is (sufficiently well) known, and this value should also be
the estimate for the geopotential value at the geoid, i.e.

Wo = Up. (7.70)

However, one problem with this approach is that the present-day uncertainty in
GM contributes to about 20% of the uncertainty in Wy (see Groten 2004). In
addition, the main problem to optimize the target function J is that the absolute
geoid height is not well-known globally, but there are only relative geoid models,
such as those expressed by an EGM. However, as stated above, satellite altimetry
can provide a geometric estimate of the absolute geoid height over the oceans under
the assumption that the SST is known with sufficient accuracy, but such an
incomplete integration area for J in Eq. (7.69a) would only lead to the best-fitting
reference ellipsoid and W estimated for the ocean areas. Dayoub et al. (2012)
applied the above technique, and they compared the preliminary geoid surfaces
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given by EGM2008 and a satellite altimetry model in coastal areas and concluded
that the two surfaces agree well (without specifying the magnitude of the agree-
ment), and they directly filled-in the geoid heights for the land areas by EGM2008
geoid heights. However, the EGM-derived geoid height needs the correction
—AWy /7y, of Eq. (7.59), which must be estimated. If the correction is fixed to a
preliminary value (which apparently was the case in Dayoub 2012), it means that
also Wy = U; + AW, has been (more or less) fixed. However, to avoid fixing W, to
an a priori value, the problem can be solved by augmenting the target function of
Eq. (7.69a) by the unknown parameter AW,. This implies that a, ¢ and AW, are
determined in a combined adjustment.

7.4.3.2 The Combined Adjustment Approach

In the previous section, the target function J was based on the assumptions that the
geocentric gravitational constant is known and agrees with that of the normal
potential Uj, and the estimated geoid surface is continuous and known all over the
Earth. In reality, we have seen that neither of these assumptions is correct. From
satellite altimetry, the geoid height is known only over the oceans, and the EGM-
geoid height lacks the term AW, /7, as presented in Eq. (7.59). In the approach that
follows, we are not primarily concerned with the unknown GM, but it is sufficient to
consider the extra unknown x = —AWy = U; — W,. We will assume that the ref-
erence ellipsoids for N" and NE°M are the same (with geometric parameters a; and
e1), and the radius vector is given by Eq. (7.67). Then the augmented target
function reads:

I =plL(a,e)+ (1 —p)h(x,a,e)+ L(x,a,e) = min(x,a,e), (7.71a)
where
Ii(a,e) = // [Nh +r1(p) — re(a,e, /)’)]zda (7.71b)
L(x,a,e) = // [x/7 +NFM 4 (B) — rE(a,e,,B)]zda (7.71¢)
and
Li(x,a,e) = // [/, + NEM 1y (B) — re(a, e, )] do. (7.71d)

Here 0, and o, are those parts of the unit sphere that are covered by ocean and
land, respectively, x = —AWy = U; — Wy (see Eq. (7.59)) and rg(a, e, ), given by
Eq. (7.69b), is the radius vector of the MEE, whose parameters a and e are
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unknowns, and p is a fixed number in the range 0 <p <1 that weights the con-
tributions from N" and N¥M over the ocean areas.

If p is set to 0, implying that only EGM data are used, the solution is singular.
This is obvious, as in this case one tries to solve the problem with only relative
geoid heights given by the EGM. Alternatively, if p=1 (i.e. only the
satellite-altimetry -derived geoid height is employed over the oceans, while the
EGM is utilized only over land), the solution discards the information from the
EGM over the oceans. On the contrary, below we suggest that in the application of
Egs. (7.71a-7.71d), the choice of p should be based on the a priori variances K3
and K% of the satellite altimetry and EGM-derived geoid heights, respectively,
yielding p = k3 /(k} + K3).

The least-squares condition for the unknowns x, a and e, as specified by
Eq. (7.71a), is satisfied by the three equations

ol ol ol
—=0, —=0and -5 =0 7.72
Ox 7 Oa MNP = (7.72)
from which the unknowns can be determined, provided that the equations are
independent.If X is the solution for x, and U is the a priori value for the ellipsoidal
normal potential, the geoid potential estimate finally follows from:

Wy = U, — 3, (7.73)

And, by re-inserting the estimates for Wy = Uy, a and e, into Eq. (7.65), a new
estimate for GM becomes:

GM = (W — &*0*/3) ﬁi(é’) ~ (Wy — &2w2/3)&<1 — 6—62> (7.74)

But this estimate is probably poor compared to estimates based on satellite-laser
ranging, etc. (e.g. Ries et al. 1992).

This concludes the principle of the combined approach.

The assumptions, data, the problem and its solution can be summarized as
follows:

Given (fixed parameters): @ and a reference/level ellipsoid with dimensions a;

and by = a;+/1 — e%, as well as a normal gravity field with values U; = constant
and normal gravity, y; = y;(ff) on the surface of the ellipsoid.

Observations: NEM (globally) and N* (on the oceans; a1); both types of geoid
heights refer to the defined reference ellipsoid.

Problem: Minimize the global mean square difference between radius vectors of
the surfaces of the geoid and an arbitrary reference ellipsoid (with parameters a and
e) by varying these parameters and the additional unknown x(= U; — W) until the
minimum is reached. As there are two types of differences available in the region
a1, these differences must be weighted in one way or another. The mathematical
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formulation of the problem is given by the target function described in Eqs. (7.71a—
7.714d).

Solution: The solution follows from Eqgs. (7.72).

Details and hints on the practical solution to the latter approach are given in
Sjoberg (2013a, b).

7.4.4 Final Remarks

The geoid potential W, can be directly estimated as a correction to the normal
potential of the reference ellipsoid and the oceanic average of the difference
between geoid heights from satellite altimetry and an EGM. Systematic errors in the
data propagate into biased solutions, which are therefore sensitive to the chosen
data. Typical systematic error sources are lacking SST information for the satellite
altimetry (which locally may reach several decimetres to a metre) and truncation
error in the EGM-derived geoid height. The effects of these error types will change
with the area of integration. The latter error source would vanish, if the averaging is
extended to the whole Earth, but that would require geometric geoid heights in
continental regions, which are prone to other types of biases.

This technique cannot be used to estimate the axes of the MEE, but their rela-
tionships can be conditioned by Eq. (7.66), once Uy = W, has been fixed.

The alternative technique to solve for Wy is to first determine the axes of the
MEE and then find the geoid potential. The main problem with this technique is that
it propagates a bias from the unknown zero-degree harmonic of the gravimetric
geoid height into the solution. This problem is solved by the new technique dis-
cussed in Sect. 7.4.3, where W, (or its correction from the potential of the pre-
liminary reference ellipsoid) is included as an extra unknown. Again, a main
problem is due to the more-or-less unknown SST corrections in the ocean areas,
which may be of the order of some metres.

7.5 Spectral Smoothing and Combination

7.5.1 Introduction

In this section, our first goal is to downward continue satellite derived gravity
gradients (SGG data) or airborne-gravity disturbances to sea level by spectral
smoothing, and, second, to combine such data, e.g. with terrestrial gravity data and
or with an EGM. The goal is also to estimate the geoid height from such data. The
estimates are determined in an optimum way. The tool to do so is the spectral
combination technique, which method has the following advantages to previous
methods for incorporating SGG or air-gravimetry data in gravity and geoid
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determination: (1) it is based on a least squares combination of all data in the
spectral domain, which yields a minimum expected mean square error of the
estimated quantity (which satisfies the criterion on optimization), and (2) the
well-known instability in solving an integral equation for inverting SGG data is
replaced by pure forward integration with smoothing for the observation noise.
Hence, spectral combination is an integral formula with spectral weighting of the
observations, where the weights are determined by least squares. Some typical
cases of spectral combination of SGG data with terrestrial gravity data and an EGM
will be numerically studied by simulation, the major properties of the resulting
integral kernels will be analysed, and the global mean square error (MSE) of each
method of combination will also be derived.

7.5.2 Spectral Smoothing of SGG Data

Here the problem of recovering/estimating the gravity disturbance and geoid height
from the second-order radial derivative of the disturbing potential by spectral
smoothing is investigated. The estimators that continue the SGG data down from
space to sea level, called spectral smoothing, are presented both in the spectral
domain as infinite series and, more practically, as integral formulas.

7.5.2.1 Gravity Disturbances

Let us assume that the vertical component of the SGG data, T,,, is available on a
sphere of radius » > R = sea level radius. (In practice these data are not primarily
homogeneously distributed on a sphere, but some method, like least- squares
prediction/LSC; Heiskanen and Moritz 1967, pp. 268-270, should be used to
arrange the data in this form.) Also assumed known are the signal-degree variances
at sea level of the gravity disturbance (cs,,,), Where index n denotes the spectral
degree. The task is to determine the gravity disturbance at sea level from these data
in an optimum way (e.g. the application of LSC; e.g. Migliaccio et al. 2010; Pail
et al. 2010; Schuh et al. 2010; Bruinsma et al. 2010; Metzler and Pail 2005). Using
the notations T, dg, and &, for the (Laplace harmonic) spectra of the observed
second-order radial derivative of the disturbing potential (at level r), the error-free
gravity disturbance (at sea level) and the observation error, respectively, a general
gravity-disturbance estimator at sea level can be expressed in the spectral form by
the series:

5g = ZAnknTrrﬁm (77521)
n=0
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with the error

E5g = ZAnkngrrﬁ (775b)
and bias
b=E{0g} — g = (kutn — 1)dgn. (7.75¢)
n=0

where A, = R/(n+2) and k, are spectral weights, to be selected such that the
expected mean square error of Eq. (7.76) is a minimum. In the last equation, we have
applied the equivalence AnE{Tmn} = K,08,, where i, = (R/ r)”+3, E{} is the
statistical expectation operator, and we assume that ¢, , has the expectation zero and
degree variance arr .- Then it follows that the expected global mean-square error of
Jg (being the sum of global averages of variance and bias squared) becomes:

még_E // e do p = [A’;‘kg ront+ (Katey — 1% (7.76)

n=0

where c%gn is the single degree variance of the gravity disturbance and the first and

second terms on the right hand-side are the averaged variance and bias squared,
respectively. (Note that all possible degree-correlations are averaged out when
taking the global mean; see Appendix.) By differentiating the mean-square error
with respect to k, and equating it to zero, one obtains the least-squares solution for
the weights:

2

2 Kn C(ig n

ko = =5, where D, = =K +ANo; (7.77)

n rrn’
n

and the optimum gravity-disturbance estimator at sea level becomes:

2

o c Ky
0g = An LTrrna 7.78
g Z; DT (7.78a)
or
—1
5g_an . ”"l‘l’ |:1+A31 ’2’," (KnCoB”) 5 (778b>

where f, is a degree-smoothing factor, which damps the directly
downward-continued signal and error of the gradiometry observations.
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The expected MSE becomes:

) 0.2 2 .2

C* Kn
oy = Yot (178

n=0 n

or

my, = an a( _ ogu) < ZK (7.784)

Equations (7.78c and 7.78d) show that the MSE is always finite and approaches
zero with the gradiometry data error. As the observed satellite gradiometry data are
given in the spatial domain, a more practical form of the estimator is given by the
integral formula:

2~ % / / H (e, )T, do, (7.79)

where the approximation stems from the truncation of the kernel function to a finite
degree ny when expressing it in a series of Legendre polynomials, P,(cos ):

i Coua® “P,(cos ). (7.79b)
=0 n

[Readers may convince themselves that Eq. (7.78a) is the spectral form of
Eq. (7.792) by expressing 7, as a harmonic series, inserting Eq. (7.79b) for
H(x, ) and considering the orthogonality of the harmonics when integrated over
the sphere.]

Alternatively, by substituting the kernel function H(x, ) b

o0

2
(2n+1) (n— 1) €5, Kn
' p(cos 7.
E 12 i) D, Frleosv). (7.80)

n=

Equation (7.79a) is substituted by the gravity anomaly estimator

L1
Ag—4n/ K(k,¥)T,do, (7.81)

with the expected MSE

00 2 .2 2

R(n - 1) O-rr nCA Ky
2 g,n
L= E . 7.82
e {(n+2)<n+ 1)] D, (7:82)
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7.5.2.2 Geoid Heights

The presented theory can be developed further so that the SGG data are used to
directly estimate the geoid. For this purpose we introduce the geoid height in the
spectral domain (N, ), which is related to the gravity-disturbance spectrum by the
formula (Heiskanen and Moritz 1967; Egs. 2.153 and 2.144)

1 R
N, =———0g,; =0,1,2,..., 7.83
yon+1 & " ( )

where 7y, is normal gravity at the reference ellipsoid. Then, it follows from
Eq. (7.78a) that the optimum geoid height estimator is given by:

o0

w

rr My (7848.)

\.

=0 "

or, expressed in the space domain:

N = T,.d 7.84b
4y, / / V) > ( )

where the spectral weights k, were given in Eq. (7.77), and

o< 271 + 1 Cog Kn
nz 2 D, P,(cos ). (7.84c¢)
The expected MSE of N becomes:
R\ SA007C K
my = < ) — (7.85)
Yo n=0 (n+ 1) D

7.5.3 Spectral Combination of Satellite
Gravity-Gradiometry Data and an Earth
Gravitational Model

The spectral combination of SGG data with an EGM will be treated as solutions
with (Sect. 7.5.3.1) and partly without (Sect. 7.5.3.2) the extra information given
by the signal degree variances (c,,).
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7.5.3.1 Spectral Combination Using All Signal Degree Variances

Consider the general geoid height estimator estimated by the SGG observable T, ,,,
on the sphere of radius » > R = sea level radius, and the corresponding observable
provided by an EGM, T,,, applied at sea level:

N:Vliz kn rrn+ Zan ny (786)

07’[

where B, = R/[(n+ 1)(n+2)], k, and a, are arbitrary spectral weights, and M is
the maximum degree of the EGM. The first sum in the estimator is the contribution
from the SGG data, and the second sum is the contribution from the EGM.
Introducing the random errors ¢,,, and ¢, for T,,, and T,, respectively, the error of

N follows from Eqgs. (7.86) and (7.83):
ey = N—N=

o<
*Z{B et + nty + (ke + an — V)T, } + Z (BikaT, 4 Bk, — T
/()n 2 )n:M+1

(7.87)

Again, as in the Sect. 7.5.2.1, the factor k,, stems from converting the observation
signal and error spectra from the observation radius r to computation radius
R. Assuming that ¢, and &, are uncorrelated with expectations zero and expected

degree variances o2, and drt,, respectively, one obtains the following expected

global MSE of N:

M o0
1

Z[Bikf 20 AT+ (i +ay — 172 + = 3 [ngg O ik — 172
70 n=M +

n=

~
owl —-

(7.88)

where 2 is the signal-degree variance of T,,. Equation (7.87) shows that the general
estimator N is biased for all degrees (i.e. for each degree there is a finite contri-
bution to the geoid error even for perfect data). Differentiating Eq. (7.88) with
respect to k, and a,, and equating each of these equations to zero, one obtains two
equations for each degree n < M:

k, (Bi frn +K T ) +an;cn12 = KT, 72 (7.89a)
and
k,,;c,,rfl +a, (‘L’i —|—drfl) = 1,21, (7.89b)

yielding the least squares solutions for the spectral weights:
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272 2 2 2
N d Bo: 1
kn _ Kn’l?n ‘Cn and Eln _ n’rronn 7 (7908)
F, F,
where:
Fy = 2de + B2, (2 +d22). (7.900)

For n > M, one obtains in a similar way by differentiating Eq. (7.88) with
respect to k, and equating to zero:

2
"ty 1 with F, = B2a?, , + K21 (7.91)

n-rr.n n-n*
n

§.>

Hence, Egs. (7.86), (7.90a), (7.90b) and (7.91) lead to the following least
squares solution for the geoid height:

N=— ZB kn T+ — Za,, s (7.92)

Yo n=2
where |a,| <1, implying a damping of the EGM signal. The MSE becomes:

Zdl’ no BZ 2 2

M 1
Z n rrn Tn — Z n rrn n. (793)

/011:M+1 F"

ow| -

For a regional application, Eq. (7.92) can be re-written as the sum of an integral
formula for the SGG data and a harmonic series of the EGM:

2
rl ntn
475/ // (,¥)T,,do + ,;2 F, T,, (7.94a)
where:
& 2n+1 -
F = E —k,P, . 7.94b

7.5.3.2 Spectral Combination Unbiased through Degree M

In practice, we should not expect the degree variances ‘E% to be known, but they
must be estimated. However, they can be eliminated from the estimator, at least to
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degree M. Also in this case, we start from the general estimator of Eq. (7.86) with
the global mean square error given by Eq. (7.88). By setting

kpkp +a, —1=0"for 2<n<M, (7.95)

the dependence on t> will be eliminated for these degrees. The general geoid

estimator and its mean square error thus reads:

U .
N == [BiknTrrn+ (1 = kntn)T, +— Z Bk Ty (7.96a)
yn:z n M+ 1
and
2 1 % 272 2 2 1 o 272 2
mN:—22[Bnkna”n (1 — ki) drn} +5 Y [(k,ﬂcn—l) 2+ B, |
1 n=2 v n=M + 1
(7.96b)

Differentiating Eq. (7.96b) with respect to k, and equating to zero leads to the
least squares solution

- Kkpdt?
— " for2<n<M 7.97a
"B, pezdg TSNS (7:972)

and
2
A KT,

—— " _ _forn>M. 7.97b
=B, + R0 (7.970)

Hence, the least squares geoid height estimator becomes:

i i{ rrn+ ZB Kn n n (79821)

~<3‘,_.

with the expected MSE

M BZ 2 dT 1 00 B2 2
n rrn n rrn T
) N L TR < LT, (7.98b)
TR B, 1T ), A B, KT

Also this geoid height estimator can be written as an integral formula of the SGG
data combined with the harmonic series of the EGM:
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. R? 1 X B, 02
N= T,.d ST 7.99
47ry// (1, 9) G+y ZB o2, + K212 ( )
g

rr,n

and the kernel function F(x, ) is formally given by Eq. (7.94b), but now with
parameters ky given by Egs. (7.97a and 7.97b).

7.5.4 Spectral Combination of Data from Terrestrial
Gravity, SGG and an EGM

We now assume that the terrestrial gravity anomaly and the SGG data (Ag and 7,
respectively) have random observation errors with expectations zero and error
degree variances o2 and o2, , and that they are available together with an EGM
complete to degree M. A general geoid height estimator from these data three sets
can be written:

rr,n?

- 1 E
N=— C hnAgn +BnknTrr,n) + *ZanTna (7100)
Yo n=2 Yo =

where B,, T, and T, are the same symbols as in the previous sections and
C, = R/(n — 1). Moreover, h,, k, and a, are arbitrary spectral weights. Requiring
an unbiased estimator (with no dependence on the signal degree variances for any
degree) yields the conditions

hy, + ki, +a, — 1 =0forn<M (7.101a)
and
h, + ki, — 1 =0forn > M, (7.101b)

and by considering these conditions and eliminating k,, the expected global
mean-square error of N becomes :

1 M
= 53 Gt B = 1P i

rrn

\2

’1: N (7.102)
=Y [C2h202+32(hn—1)2 252 }

a2 n''n’n n rrn
0 n=M+1

-~
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Differentiating the last equation with respect to %, and a, and equating it to zero,
one obtains the following two sets of equations:

(1) forn<M:
ha(12C202 + B2, ) + auBlal,, = Blo2,, (7.103a)
haB2?,, + an (B, +13d%2) = B22,, (7.103b)
and
(2) forn > M:
ha (2202 4+ BaY,, ) = Bl (7.104)

The least squares solutions for the coefficients thus become:

. B262 dc, . C262d7? B2g2 (C%g2
forn <M : hy = " g = Do n@Taln o0 g, = 212 TnTn (g 105)
G, G, G,
where:
G, = B.o,,,Cro + K, Cr00dt, + Bror, dT,, (7.105b)
and
R B2g? R C? 52
forn > M : hn:%, kn:%"xn and a, = 0, (7.106a)
where:
G, = B,o,., +K.Co,. (7.106b)

Using these spectral weights, we arrive at the least squares solution for the geoid
height either from Eq. (7.100) or, partly in the space domain, as:

R R e
N = —//S K, W)Agdo + —//K K, Y)Trdo+ — B,a,T,, (7.107a
4y ( ) 4y, ( ) ) nz:; ( )
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where

o0

Z 1a Py (COS Y ). (7.107b)

Obviously, S(k, ) is a weighted form of Stokes’ function, and

> 2n+1 .
P, . 7.107
D=3 Gt deosy) (7.1076)

Finally, by inserting Egs. (7.105a), (7.105b), (7.106a) and (7.106b) into
Eq. (7.102), one obtains the expected MSE of N:

X CiouBoy,dn, X ChouBioy, ﬁBi ?rn
=y g N (7.108)
n=2 G n=M +1

7.5.5 Spectral Smoothing and Combination with Airborne
Gravity Data

Airborne gravity data can be applied similar to SGG data as discussed above. It has
the advantage over satellite data that the altitude is lower, which results in a stronger
signal and less smoothing needed for the downward continuation to sea level.

The downward continuation and smoothing of the gravity disturbance is given
by Egs. (7.78a and 7.78b) with the changes that A, = 1 and T, is replaced by the
observation g at a flight level of radius r. Then the predicted gravity disturbance at
sea level becomes:

oo 2
Cson
08" = 8 S g, 7.109
2 ; 708 (7.109a)
where
F, = ocﬁc?;g’n +0% o= (R/r)"? (7.109b)

and aﬁ is the error-degree variance of the gravity disturbance, and the expected
MSE can be expressed as:

o0 2 2.2
C(sgnO'OC

m, = ;T” (7.110)
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Similarly the geoid height is predicted by:
A R > O‘nc()‘gn
N=— 75& (7.111a)
70 Z 5 (
with the MSE

R 2 o0 O(2C2 0.2
2 ogn’n
m’, = (—) > S (7.111b)

In the spectral combination of airborne gravity disturbances with an EGM
(represented by its disturbing potential Laplace harmonics 7),, complete to degree
M), one may start from the general estimator

-
N= —ZKk(Sg,,+ Zan ; (7.112a)
Y0 n= 70 n=0
where K, = R/(n+ 1), and
et . 1 &
e —Z [Kuknen + anel + (knicy +a, — 1)T,] + — Z [Kuknen + (knic, — 1)T).
Y0 %0 Y01

(7.112b)

Requiring that the estimator should be unbiased through degree M leads to the
conditions

kuk,+a, — 1 =0foralln<M. (7.113)

Comparing Eq. (7.112a) with Eq. (7.86), one notices that the only differences
are that the satellite-gradiometry observation is now replaced by the airborne-
gravity disturbance and the factor B, is replaced by factor K,,, so that the unbiased
least squares estimator of the geoid height now has its equivalence in Eq. (7.114a)
with the mean square error given by Eq. (7.114b):

R 1 00 R 1 M
N == KiknTrrn+—>_ Ki(l = 52kn)T, (7.114a)
Vo= Yo =

with the expected MSE

1 & K,% o2dr?  Q— K2g212
_ 1 Ly _Aan (7.114b)
73 ; +12de: 3 n:; K202 + 1212
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In a similar way, as in the previous subsection, this estimator can also be
combined with terrestrial gravity data.

7.5.6 Concluding Remarks

Based on the numerical applications described in Sjoberg and Eshagh (2012), the
following conclusions are drawn:

The least-squares solutions derived by spectral combination enable the optimum
determination of the geoid height without prior time-consuming downward con-
tinuation of the satellite-gravity gradiometry (SGG) data. The ill-posed inverse
problem for the downward continuation, usually formulated by an integral equation,
whose solution needs regularization, is here replaced by an integral formula. The
typical amplification of the propagated observation errors when performing the
downward continuation is efficiently smoothed by the least-squares spectral filter
provided in our technique. The theoretical mean-square error of the estimator is
easily computed for a priori analyses or together with the actual estimates after
computations. The kernel functions derived above cannot be written in closed
forms, implying an essential computational burden for each of them. However, for
their practical evaluations, they may be tabulated, and the actual values of each
kernel, to be used in the numerical integrations, can be interpolated from the table.
Numerical studies on the biased and unbiased types of spectral combination of SGG
data and an Earth gravitational model show insignificant difference between the
filtering kernels and their global root-mean-square errors. The contribution of
far-zone data remains small in the integrals. In the combination of SGG data,
EGMO8 and terrestrial data, the kernel related to the gravity anomaly is similar to
Stokes’ original kernel, and it approaches zero at a geocentric angle of 3°, while the
kernel involving the SGG data needs a larger coverage of the data; to a geocentric
angle of about 5°.

Finally, a numerical example in Kern et al. (2003), including satellite data,
provides too optimistic results, which disagree with our results, obviously due to a
computational mistake of placing the satellite at sea level.

7.6 Applications of Atomic Clocks in Physical Geodesy

There are several effects from both special and general relativity applied in satellite
geodesy. Bjerhammar (1975) and (1985) presented a technique to apply
atomic-clock to determine potential differences. See also Vermeer (1983). It is
well-known from general relativity that the time recorded by a clock depends on the
gravitational potential. This means also that the frequencies fp and fp measured by
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two clocks at points P and Q are related to the geopotentials at the two points by the
simple formula:

fp _1-2Wp/c

= 7.115
fé 1—2Wp/c?’ ( )
which can be written:
f}% _fé c? J?Af 2
Wp — Wo = ——Wp | =— 7.116
Pt (fﬁ 2 )T (7116
where:
fA fAf GM
ew = —2Wpf—f - u—, (7.116b)

13 15 e

Af =fp —fp and f = (fp+fp)/2. As GM /rp <Ry, it follows that the residual
term &y is only of the order of 4% of the main term on the right hand-side. Hence,
to this order of approximation, one finally obtains the equation
Wp — Wp z@czzgcz, (7.117)
1o f
which can be used to directly determine the geopotential difference between two
points on the Earth’s surface or in space. To determine the potential difference
corresponding to heights of the order of 1 cm, the atomic-clock frequency must be
accurate to 10718 s~ ! and this goal is now (2016) realistic in the very near future.
Consider that the above technique is used in a regional or global network to
determine geopotential numbers of the network. If the geometric heights are also
determined, e.g. by VLBI or GNSS, the normal heights can be fixed by Eq. (3.94a—
3.94c), and the difference between geodetic heights and normal heights are the
quasigeoid heights. Finally, geoid heights and orthometric heights can be estimated
by the formulas given in Sect. 7.2. See also Chap. 9.

Appendix

Let the n-th degree radial component observation error be represented by the har-
monic series

Errn = Z 811mYnma (7118)

m=—n
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where Yy, = Y, (0, 2). Here (0, A) are the co-latitude and longitude of the spherical
harmonic Y,,,. Taking the global average of two degree errors ¢, and &,., with
n # p, it follows from the orthogonality of the spherical harmonics when integrated
over the sphere that:

1
qnp = E// 8rr,n8rr,pd0- =0. (7119>

Hence, the degree-correlations, given by E {qnp}, also vanish.
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Chapter 8
Gravity Inversion

Abstract This chapter describes gravity inversion for various geophysical,
geodetic and geodynamic applications. After introducing some basic geophysical
concepts and formulas for gravity inversion, various isostatic models and their use
in determining crustal depth by gravity is described at length and compared and
combined with seismic models of crustal depth. The preferred isostatic model is
based on Vening Meinesz-Moritz hypothesis with a global isostatic compensation
of Bouguer gravity disturbances rather than Bouguer gravity anomalies. There are
also applications of gravity for estimating tectonic stress in the mantle and viscosity
in the mantle (based on post-glacial land uplift rate data in Fennoscandia).
Temporal changes of the gravity field by many years of monthly repeated data from
the satellite mission GRACE are used to demonstrate their power in determining
large-scale Earth mass and geoid changes, such as positive geoid height rates in
Laurentia and Fennoscandia related to glacial isostatic adjustments, and negative
rates in Greenland and West Antarctica, as a result of mass losses due to ice-sheet
melting. Also, the upper mantle viscosity in Fennoscandia is determined by these
data.

Keywords Crustal thickness - Gravity inversion « Moho - Tectonic stress -
Temporal changes of gravity - Viscosity in the mantle

8.1 Introduction

Gravity inversion is an important tool for detecting, understanding and interpreting
several kinds of geophysical structures and geodynamical processes. Many ongoing
geodynamical spatial and temporal variations can be obtained from gravity data all
over the Earth with several applications. The gravity field also gives information on
the Earth’s crustal evolution and isostatic compensation, as well as stress patterns in
the lithosphere.
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8.1.1 Basic Geophysical Concepts

The interior structure of the Earth is roughly layered in spherical shells. These
layers can be defined by either their chemical or their rheological properties.
Scientific understanding of the internal structure of the Earth is based on obser-
vations of topography and bathymetry, observations of rock in outcrop, samples
brought to the surface from greater depths by volcanic activity, analysis of the
seismic waves that pass through the Earth, measurements of the gravitational and
magnetic fields of the Earth using terrestrial and satellite based sensors and
experiments with crystalline solids at pressures and temperatures characteristics of
the Earth’s deep interior.

8.1.1.1 Compositional Layers

The structure of Earth can be defined in different ways, e.g. by well-known prop-
erties such as rheology or based on chemical properties. The Earth contains three
main compositional layers (Skinner and Porter 1995):

e The densest of the three layers, which is located in the centre, is the inner core,
largely composed of solid iron.

e Qutside the inner core is the liquid outer core.

e The thick shell with rocky material that surrounds the core is called the mantle.
It is less dense than the inner core but denser than the outermost layers.

e Qutside the mantle lies the thinnest part of the Earth, the crust, which consists of
solid rocky material that is less dense than the mantle.

The different layers have different thicknesses, volumes and densities, and the
densities vary both laterally and with depth (see Fig. 8.1). The volumes are very
disparate, and especially the volume of the mantle is very large in contrast to those
of the others: crust 2%, mantle 80%, outer core 17%, and inner core 1% of the
Earth’s volume (Bott 1971, p. 10). The Earth’s crust, composed of a variably solid
material, is its hard outer shell which overlies the mantle. Compared to other layers,
it is much thinner and floats upon the softer mantle. The crust can be divided into
two main parts: oceanic and continental crust. The oceanic crust is about 6-12 km
thick, consisting mainly of heavy rocks, like basalt with an average density of
3 g/cm3, which is close to the upper mantle density. The continental crust can be
divided into six big plates: Eurasia (Europe and Asia together), Africa, North
America, South America, Antarctica and Australia. The crust is thicker below the
continents, with an average of about 36 km and with a maximum of 80 km in Tibet.

One question that can be asked here is how we know about the properties and
composition of the various layers. A likely answer can be found in Skinner and
Porter (1995), and it is by the indirect measurements that are used today. One way
to determine the composition is to measure how the density of rock changes with
depth. It can be measured by the speed that earthquake waves pass through the
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Fig. 8.1 A cross-sectional view of Earth showing Earth’s layers classified by chemical
composition along the left side of the diagram. For comparison, Earth’s layers classified by
physical properties are shown along the right side of the diagram
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Earth’s layers. The denser the rock, the faster propagates the waves. Due to sudden
increases in velocity at various depths, one can infer that the solid Earth does not
have a uniform composition, but must instead consists of layers with different
densities.

8.1.1.2 Earth’s Layers Based on Physical Properties

The Earth’s layers can also be divided by their physical properties (such as rock
strength and solid-versus-liquid condition), which roughly change with depth in the
Earth’s interior. It is evident that the changes in physical properties in the Earth’s
layers are controlled rather by temperature and pressure than by composition. The
major layers where physical properties change are (Skinner and Porter 1995):

between the inner and outer core.

the mesosphere, which is a solid region of high temperature in the mantle that
extends from the core-mantle boundary (at the depth of ~2900 km) to a depth
of about 350 km. The physical properties of this layer are characterized by its
high temperature and pressure. It is important to mention that, when a solid is
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Fig. 8.2 Geothermal gradients (after Skinner and Porter 1995)

heated, it loses strength. Again, when it is compressed, it gains strength. The
Mesosphere has relatively high strength.

e the asthenosphere, located 350 km to 100-200 km below the Earth’s surface. It
is a weak part of the mantle, because it is located where the balance between
temperature and pressure is such that rocks have little strength and they easily
deform.

e and finally the lithosphere: it is located above the asthenosphere (outermost
strength zone) where rocks are cooler, stronger and more rigid. This is only
because of differences in the temperature and pressure in rocky materials in the
lithosphere and upper asthenosphere.

Figure 8.2 shows the relationship between depth, temperature and pressure in
the Earth’s interior. Geothermal gradients in the lithosphere are not constant. The
largest and most important differences are results of the different thicknesses of
oceanic and continental lithosphere. The figure shows that the temperature increases
faster within the oceanic crust than the continental crust. The temperature changes
gradually below the lithosphere, and it is determined by convection in the
asthenosphere and mesosphere.

In Fig. 8.3, we present a global map representing the Earth’s mass distribution as
a surface-density distribution by Eq. (8.5b) and using the data from the GOCO-03S
EGM (Mayer-Guerr et al. 2012) to degree and order 90. It shows very large mass
deficiencies south of India, in NE Canada and in West Antarctica. The largest mass
surpluses are found north of Australia, Chile and Tibet. Comparing Fig. 8.3 with a
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Fig. 8.3 Global map of the surface-density-distribution representation of Earth’s mass distribu-
tion computed by Eq. (8.5b). Unit: kg/m?

global geoid map (see Fig. 1.5) can explain the mass deficiencies and surpluses.
Where a mass deficiency exists, the geoid surface will dip below the ellipsoid.
Conversely, where there is a mass surplus, the geoid surface will rise above the
ellipsoid. These influences cause the geoid surface to deviate from the normal
ellipsoid within approximately +100 m. The largest presently known undulations
are the minimum in the Indian Ocean centred at 2° N and 80° E of —106.6 m and
the maximum north of Australia of +87.6 m (according to the EGM2008 geoid
model). These undulations are related to density distributions in the lower layers of
the Earth. For example, the minimum geoid undulation (Fig. 1.5) is observed south
of India in the Indian Ocean. Using spectral analysis, one finds large-wavelength
sources at up to 1300 km of depth. This shows that there is a regional gravity
anomaly with a negative density contrast at the level of 1300 km, where a sharp
change in the gradient of the seismic velocities occurs. There is a low-viscosity
zone below the transition zone in mantle discontinuity that may correspond to
low-density rocks containing subducted rocks (Mishra and Ravi 2012). In contrast,
the large negative-mass anomalies in West Antarctica and NE Canada are caused by
mass deficiencies due to former ice sheets.

8.2 Basic Formulas in Inversion of Satellite
Gravity-Field Models

Consider an EGM applied to the disturbing potential and the gravity anomaly,
respectively (Sect. 3.2.4):
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is the mass of the Earth with p being the Earth’s mean density.

To get a general picture of the lateral distribution of mass anomalies in the Earth,
one may also represent the disturbing potential as a surface layer with density x (in
the unit of mass/surface element), yielding the surface integral on the sphere of
radius R for rp = R

Tp = GRZ/ %da (8.3)

In the spectral domain, Eq. (8.3) reads as:

00 1 n
Tp = GRZ; m+1 Z Kannm(P) (84)

and, comparing the harmonic coefficients in Eqgs. (8.1) for rp = R and (8.4), one
obtains:

M AnpR
Kom = (214 1) 25 Com = ”3p 21+ 1)Cpm, (8.5a)

Hence, by summing up the harmonics, the surface-density distribution on the
sphere can be estimated by the series

K(P) = 24 Z 2” +1 Z Cnmynm = 4720R Z 27’1 +1 Z Cannm
n=0

n=0 m=-—n m=—n

(8.5b)

In practice the series is always limited to a finite degree. This surface layer is a
fictitious representation of the mass variations in the Earth. In reality, the rela-
tionship between the mass density and the EGM is more complicated as the
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surface-mass load causes a deformation of the whole Earth body, which in turn
changes the gravity field. The resulting relationship between the surface-mass
density and the harmonic coefficients can therefore be expressed (e.g. Wahr et al.
1998) as:

(2n+  4npR SN (2n +
RZZ 1”+kn S Con¥on(P) = 7 > 1”+kn S Conton(P)

n=0 m=-—n m=—n

(8.5¢)

where k,, the so-called load Love numbers, can be modelled based on some Earth
model. (See, e.g. Farrell 1972; Sun and Sjoberg 1999). Equation (8.5¢) is important
in estimating a real surface load from an EGM or the temporal change of the former
by a sequence in time of the latter. Also, assuming that the surface density is caused
by a thin mass layer of density p,, and thickness A, its thickness can be estimated
by h, = x/p,, and a similar formula holds also for temporal changes of masses
(Sect. 8.7.1).

Next we assume that a residual part 6T of the disturbing potential is generated by
a density contrast Ap between the constant depth Dy and Dy + 6D, where D may
vary. Assuming that the density contrast may change only laterally, 67 will be
given by the Newton integral

5Ty = G // Ap / P (8.6)

RO oD

where R is mean sea level radius and Ry = R — Dy or, in the spectral domain, after
integration with respect to r:
SD n+3
( R_o>

) 1 R n+1 n+3
§Tp = GR? —
r ;n+3(rp> ( ) //n+3
which can be rewritten after using the addition theorem for spherical harmonics of
Eq. (2.49) to:

TERE A

P,(cos)da

(8.7a)

Yumdo. (8.7b)
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Assuming that the deviation of 6D is small versus Dy, one may expand the last
bracket by a Taylor series

n+3
Y
Ry

and, by inserting the series into Eq. (8.7b) and carrying out the integration one
obtains:

4 GR2 00 1 R n+1 R n+3
(sTP: i E —_— —0
R() 2n+1 rp R

x Z |:(5DAp)nm— % (6D2Ap>nm +

1
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(8.7¢)

(n+2)(n+1)

SD*Ap
o o)

Ynm(P)a

nm

(8.8)

where (0DAp),,,, are the spherical harmonic coefficient of 6D times Ap. Comparing
the spectrum of this series with that of 67 represented by Eq. (8.1),

GM & R n+l n 00 R n+1
=" - Ym(P) = = T,(P .
5TP R — (rp) n;n 5Cnm nm( ) ; (}’p) 5 n( )7 (8 9)

where 07, is the n-th Laplace harmonic of 07, and neglecting higher-order terms in
the right member of Eq. (8.8), one obtains a first-order solution by:

R R\""?
5DAp:4nGR;(2n+1)<R—O> ST, (P). (8.10a)

or, upon considering Eq. (8.2b) and the last part of Eq. (8.9):

O0DAp = f:a,,(P) = EOO: zn: Yo (P)

n=0 m=—n

l_)R 0 R n+2 n
0

n=0 m=-—n

It is obvious that (8.10a, 8.10b) have to be truncated at some maximum degree,
Sy max, as the ratio R/Ry > 1, which implies also that the series will be more and
more sensitive to errors in 07, for higher degrees.
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There is no way to determine both the geometry (0D) and density (Ap) of a
geological feature from gravity data alone. However, if Ap is known (not necessarily
laterally constant), the depth variation 0D can thus be estimated to first order by:

1 Mmax

oD =—Y a,, 8.11a
Ap; (8.11a)

and this formula can be improved iteratively to higher orders as follows. By
summing up the terms and rearranging Eq. (8.8), one obtains:

o [ 42 (1 2)(n+ 1)
(3DP— P;an —Z; |:2R0 (5D2Ap)n—67R(2)(5D3Ap)n+ N

(8.11b)

where the higher-order harmonics can be determined iteratively by harmonic
analysis of:

(T i)’
Ap

(Sma)

2
0D Ap =~ Ap

and OD’Ap? ~ (8.12)

Alternatively, if 4D is known, one obtains a first-order solution of the lateral
density contrast from Eq. (8.10b) by:

= Nmax n

Rp Dy\ "
App =~ 36D), ; (2n+1) (1 = ) m;n(scnmy,,m(P). (8.13)

Note that in (8.13) the factor 1 — Dy/R increases with degree n, which makes the
solution sensitive to errors in the data (67) for higher degrees. This property is
typical in solving inverse problems, and similar problems occur in all solutions with
downward continuation as above. This negative effect can be diminished by some
kind of smoothing or regularization (see Sect. 2.8) of the solution. Another
smoothing operation is to remove short-wavelength signals and errors in the data.
For example, smoothing is obtained by removing the effects of the atmosphere and
topography prior to dwc (i.e. applying the DITE) and restoring the effects after
downward continuation (PITE).

If the density contrast Ap is known, one may improve the solution of 6D by
rewriting the integral in Eq. (8.6) as two integrals:

2
5Tp =G //Ap/ﬂda— //A /r—drda—DTp—DTop, (8.14)
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where the second integral is a known potential that can be explicitly expressed as:

) Rn+3 _ R8+3
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In particular, if Ap is constant, DTyp is also a constant and given by:
4nGApR* D2 D}
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rp 3R2
As a result, Eq. (8.8) becomes:
o) 1 R n+1
8Tp = 4nGR Z i (r—)
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Equation (8.17) is valid for any point on the sphere. Hence, by comparing the
spectral terms of Egs. (8.9) and (8.17), one may identify each harmonic as an
equation, and, by rearranging terms and summing up, one obtains for rp = R:

(n+2)(n+1)

n+2, , ;
Dp=b § (D*Ap) — DA -], (8.18
g P+ A Pp n=0 |: p)n 6R2 ( p)n * ’ ( a)
where the first-order solution is given by:
(DTop)
(2n+1) OCum Y um(P) + — ", 8.18b
be = 3ApP Z nt Z 4nGAp, (8.18)

m=—n

and the higher-order harmonics can be determined approximately as above. If Ap is
constant, the solution simplifies to:

n+2 ) (n+2)(n+1), 4
DP—bP+Z|: n T(D )n+ y (8193)
with:
R,D 00 n D2 D3
=— 2 1 Y, Dy — — 1
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It is interesting that this solution avoids the regularization problem of
Eqgs. (8.102)—(8.13).
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Once the anomalies of mass per unit area on the unit sphere (0DAp) have been
determined, the total mass anomaly (0M) can be estimated by the integral

SM = //Ap/ 2drda—RZ// < 5D/R°)>da, (8.20)

where the surface integral can be limited to a region bounding the mass anomaly.

8.2.1 Regional Studies

For regional studies, spatial solutions can be more attractive than spectral solutions,
and more so the more local the phenomenon is and/or the higher the requested
resolution is. In this case, by assuming that the density contrast is constant,
Eq. (8.14) and its radial derivatives can be written on the compact forms

Vp7 lﬁ D) 5T(P) +DTOP
RG// Ap| F'(rp,,D) |do = | oT'(P)+ DT}, (8.21)
F'(rp,\,D) oT"(P) + DT{)

where the kernel functions are:

R
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R
Fn0) = [sto (430 = om0 TR |
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(8.22b)
where t = cosy and W = (r — rpt +1p) and
dF’
F"(rp,y,D) = 0 : (8.22¢)
drp

Equations (8.21) are Fredholm integral equations of the first kind, typical in
improperly-posed problems of gravity inversion. If the unknown is the density
contrast, the equations are linear, and, if the depth variation (0D) is sought, the
equations are non-linear integral equations. The equations are somewhat stabilized
by assuming that all atmospheric and topographic effects are removed (which cor-
respond to Bouguer types of data), and the data are preferably downward continued
to mean sea level (implying rp = R). Although the integrals are strictly global, the
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kernel functions taper off with geocentric radius (1), which justifies truncation of the

integrals at some cap size. This is particularly the case for Eq. (8.22c¢).
If the density contrast distribution Ap is known, one obtains:

DTop = 4nGR* i% (%) " [1 - <%)n+31 (8.23a)

n=0

DT}, = —4nGRZ% (%)M [1 - (%)HT (8.23b)

and
+1)(7’l+2)Ap ( ) R n+3 DO n+3
DT}, = 4nGy - S s - (22 . (823
or Z (2n+1)(n+3) rp R (8:23¢)
If the density contrast is constant, the equations simplify to:
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8.2.2 Determination of Simple Mass Structures

The structure of the Earth’s interior is rather well-known from seismology. In this
section, some formulas for estimating some simple (spherical) structures in the
Earth are presented. These can be expanded to other forms of structures, e.g. by
formulas presented by Dobrin (1976) for geophysical prospecting.

Assume that a spherical body of mass anomaly dM is located at depth D below
sea level. Also consider that gravity (disturbance, disturbing potential and/or radial
derivative of gravity disturbance) are observed at height H >0 above sea level.
Then it holds that:

Disturbing potential (anomaly) 6T = GdM /(H + D) (8.26a)
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Gravity disturbance  dg = GdM /(H + D)? (8.26b)
Gravity gradient (vertical) dg, = —2GdM /(H + D)?, (8.26¢)

and these equations one can estimate the mass anomaly of the spherical structure as:

(o7)”
aM = —— 8.27a
Glog| (827
or
4(0g)°
aM = 5 (8.27b)
G(dg,)
The depth to the structure can be obtained from:
oT
D=—— 8.28
= (8.282)
or
D=/-26T/6g, —H (8.28b)

The above simple formulas for estimating the depths of large mass anomalies
frequently do not provide reasonable results mainly because the highs and lows of
the geoid and gravity do not agree in their positions, and gravity gradients are much
too local to be of interest in this context. For example, extreme gravity anomalies of
the order of £ 400 mGal, occur along island arc and trench combinations in narrow
pairs of bands of local mass surplus and deficiencies caused by volcanism and plate
subduction, while integration of such a rough gravity anomaly field by Stokes’
formula contributes/averages to nearly zero in the geoid undulation. These facts
show that gravity alone cannot solve both the shape, magnitude and location of a
density contrast in the Earth’s interior, but other data, e.g. from seismic tomogra-
phy, is needed to solve the general problem. Nevertheless, the longest wavelengths
of the gravity potential field of spherical harmonic degrees n = 2 and 3 can be
expected to be related with the mass anomalies of the core/mantle boundary at the
depth of 2900 km, while wavelengths of degrees 4 < n < 10, having much less
power, are likely caused by mantle convection and plate tectonics in the lower and
medium mantle, and for n > 10 the origin is mainly in the upper mantle and the
crust. For more information, see Bowin (1994) and its references.

Table 8.1 shows an overview of the Earth’s mass structures with each layer’s
contribution to the total mass of the Earth (5.97 x 10** kg). For example the
mantle extends from the base of the crust to a depth of about 2900 km. Except for
the asthenosphere, the mantle is solid (Fig. 8.1), and its density, increasing with
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Table 8.1 Earth’s layers parameters (depth and mass, Anderson 1989)

Earth’s layer Depth [km] Fraction of total Earth mass

Continental crust 0-80 0.004

Oceanic crust 0-13 0.001

Upper mantle 23-400 0.103

Transition zone 400-650 0.075

Lower Mantle 650-2900 0.492

Outer core 2900-5200 0.308
Morth America
(Husdon Bay)

Central Fennoscandia

(Baltic Sea) The mantle contribution in geoid undulation metre
L = 60

South America
{Andes)

Morth of Australia
heighest geoid point

West Antarctica

Fig. 8.4 Major global geoid undulations due to mantle-mass heterogeneities (using harmonic
window 5 <n <70). Unit: metre

depth, ranges from 3.3 g/cm® (in the upper mantle) to about 6 g/cm® (in the lower
mantle). The total mantle mass is 4 x 10** kg, and its volume is 9.199 x 10°° m’.

Applying Bruns’ formula in Eq. (8.26a), the major global geoid disturbances
due (only) to mantle mass are approximated in Fig. 8.4.

The figure shows that the contribution of the mantle mass is very significant to
the geoid height. Large-scale disturbances are generated in the mantle (and also
very deep and below the mantle for the longest wavelengths not shown in the
figure), and small disturbances are due to mass variations in the Earth’s crust.
Swieczak et al. (2009) studied the geoid undulations and suggested that the cau-
sative sources for geoid anomalies are primarily located in the mantle. In fact,
compensation of lithospheric loads related to large-wavelength anomalies occur in
the mantle. The mantle mass is about 68.4% of the Earth’s mass and 49.5% of the
Earth’s volume. The positions of the global extremes of geoid undulations in the
Indian Ocean and NE of Australia are shown in Fig. 8.4, but here their magnitudes
are less than those shown in the absolute geoid map of Fig. 1.5. This type of map
can be used in studying mass anomalies in the solid Earth, e.g. for prospecting
mineral deposits and determining the structure of the Earth.
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8.3 Bouguer, No-Topography and Isostatic Gravity
Anomalies and Disturbances

Geodesists’ and geophysicists’ definitions of the Bouguer gravity anomaly differ
(e.g. Li and Gotze 2001; Hackney and Featherstone 2003; Vajda et al. 2007). In
geodesy, a gravity disturbance is the actual gravity minus normal gravity at the same
point (P), while a modern gravity anomaly is gravity at P minus normal gravity at
point O at normal height along the normal to the reference ellipsoid through P. (At
normal height means that the normal potential at Q equals the Earth’s gravity
potential at the observation point P.) In modern geodetic terminology, point P may
be located anywhere in space, and particularly, when P is at the Earth’s surface, one
names the quantities surface-gravity disturbance and surface-gravity anomaly. [On
the contrary, the classical gravity anomaly is only defined (with P) on the geoid (and
Q on the reference ellipsoid).] The Bouguer gravity disturbance and anomaly means
that the attraction of the topography has been removed.

In modern geophysics, the Bouguer gravity anomaly is the geodetic gravity
disturbance (e.g. Hinze et al. 2005; Vajda et al. 2007). To avoid misunderstandings
among and between geodesists and geophysicists, these two concepts (gravity
anomaly and gravity disturbance) should not be mixed. In the presentation to
follow, we use the modern geodetic terminology. So, at this point, we repeat the
basic differences between a gravity anomaly (Ag) and a gravity disturbance (Jg) at
an arbitrary point P:

Agp=gp—7o and dgp=gp — Vp, (8.29)

where point Q is located at normal height along the normal to the reference ellipsoid
through P. (Note that this is the common definition among geodesists, while the
geophysical definition may vary.) For more information, see, e.g. Sjoberg et al.
(2015).

Traditionally, gravity observations are reduced to free-air and Bouguer gravity
anomalies using standard methods as discussed in Chap. 3. Traditionally, the
Bouguer and isostatic gravity anomalies play the role of being the primary
observables for gravity inversion of the Earth’s interior and below-crust density
structures. This is because the refined Bouguer anomaly is assumed to remove the
gravity signal of the topography and crust, making the remaining gravity signal
transparent to density features below the crust. However, as already emphasized in
Sect. 4.2, the topographic reduction of the Bouguer anomaly is not complete, but it
needs also the secondary indirect topographic effect (SITE) to be totally reduced for
the topographic signal, leading to the so-called no-topography gravity anomaly.
Usually it is assumed that the secondary indirect effect is small compared to the
direct topographic effect. At least, that is the common experience in geoid deter-
mination. However, this effect may contribute most significantly, in particular, to
long-wavelength topographic features in gravity inversion, which is the emphasis
here. In the same way, the isostatic gravity anomaly yields an incomplete reduction
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for the topography as well as for the isostatic compensation, properties that are
achieved only for the refined isostatic gravity anomaly. This implies that the Vening
Meinesz’ isostatic equilibrium condition of a vanishing isostatic gravity anomaly
holds only for the refined isostatic anomaly.

As in Chap. 3, we let V7 and its (negative) radial derivative (A7) define the
topographic potential and attraction, respectively, furthermore let V. and A, define
the isostatic compensation potential and attraction, respectively. Then the tradi-
tional Bouguer gravity anomaly and gravity disturbance are given by Heiskanen
and Moritz (1967, Sect. 3.3)

AgP = Ag — AT (8.30a)
and
ogP = 0g — AT, (8.30b)

where Ag and dg are the gravity anomaly and gravity disturbance, respectively, and
—AT is the direct effect on gravity. Accordingly, the traditional isostatic gravity
anomaly and gravity disturbance follow from:

Ag' = AgP 4+ Ac (8.31a)
and
og' = og8 4+ Ac. (8.31b)

Here the total topographic signal is removed only for the Bouguer gravity dis-
turbance, and part of it remains in the Bouguer anomaly. Therefore, for different
applications of gravity inversion, there is a need for a new gravity anomaly. As seen
in Egs. (8.30a, 8.31b), the Bouguer gravity anomaly and disturbance experience the
same topographic effects. Similarly, the traditional isostatic gravity anomaly and
disturbance have the same topographic and compensation effects (see Eqs. 8.31a,
8.31b). However, from the fundamental equation of physical geodesy, Eq. (3.23a),
we learn that:

y T
Ag=0g+ -~ m dg — 2~ 8.32
§ =08+ oo 2 (8.32)

Accordingly, the disturbing potential T can be replaced with topographical
potential T = T™ + VT, and it follows then (Sjoberg 1994, 1997, 2000; Vajda et al.
2007) that:

Ag = Ag" +Ag", (8.33)
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where Ag" is the no-topography gravity anomaly, and

A% vT
Ag" = —AT + 8_;1_ ~ AT 42 (8.34)

i.e. the DITE of the gravity anomaly, which differs from that of the gravity dis-
turbance (—AT) by the term 2V”/r and which is the secondarily indirect topo-
graphic effect (SITE). In other words, the Bouguer gravity anomaly, as defined by
Eq. (8.30a), contains a remaining topographic contribution that is only removed by
applying the SITE, while the no-topography gravity anomaly

Ag" = Ag — Ag" (8.35)

is consistent with the Bouguer gravity disturbance, §g®, with no remnant attraction
from the topography.

Similarly, the traditional isostatic gravity anomaly, as just cited, does not fully
compensate for a topographic attraction, but it also needs to be corrected in accord
with Eq. (8.34) to become the refined isostatic gravity anomaly (Sjoberg 2013)

oV V.
Aghened — Ag™ 4 Ac + a_/iTC ~ Ag" +Ac —2-C, (8.36)

where the term —2V/r is a remnant isostatic compensation. Only by adding this
term does the isostatic gravity anomaly become consistent with the isostatic gravity
disturbance:

og' =g + Ac. (8.37)

The detailed formulas for computing the topographic potentials and attractions
of the spherical cylinder (Sjoberg 2007) and its isostatic compensation by
Airy-Heiskanen’s compensation model (see Sect. 8.4) are presented below.

Figure 8.5 shows a topographic model in the form of a spherical cylinder.
Considering this figure, the topographic potential V7 at any point P of radius rp
along its axis is given by:

Pdr sinydy 2 |
fzn‘u// d sm!// v _ n,u/ (Lpg = |rp — r|)rdr (8.38a)
Ipo
R

rp

where @ = Gp, lpg = \/r,% + 72 = 2rpr cos Y. Equation (8.38a) can be integrated
to:

2mu P2—R PR

VT(P):F(I(rp,R,rS)—rP z 5 + - 3 ) if rp>r,, (8.38b)
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Fig. 8.5 A spherical cylinder Eartl
and its isostatic compensation

by Airy-Heiskanen’s model
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where ) = cos i,,.
Generally, the topographic gravity anomaly and gravity disturbance effects
(corrections for removal of topographic signal) become (Eq. 5.4):

T avT

V
Ag" =0g" +2— and Og' = AT =—. (8.39)
rp a}”p
For the spherical cylinder, one obtains:
2 3 _ R3
AT__5gT_#<I(rPaR7rS>_rPI/(rPaR7rS)+rs 3 >’ (840)
Tp

where

I/(TP,R,rs) :JI(rp,R,rg)sz(rp,R,rs) (841&)
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with
J1 (rp,R rs —rp/li lp()—‘rrpl‘()ln 2r — 2rpty + 21 ,()Hr " (84“))
R
and

Jz(rp,R,rs) = —l‘o/—di’

lpo
r=rs

Iro P In|—2rpty + 2r — 2p| (8.41c)

r+ 3rpt0 3r123t% -3
= | — + __rv
2 2 r=R

The compensation potential for Airy-Heiskanen’s isostatic model applied to the
spherical cylinder is given by the integral

o R-D 2d . d
Ve(P) = 21GAp / / % (8.42a)
0 R—(D+1)

where t;, = 4.45H, H is the topographic height, D denotes on crustal thickness and
Ap is the density contrast between the crust and mantle (Heiskanen and Moritz
1967, pp. 135-136). The integral can be evaluated to:

27GA R—D)—(R— (D+1))
Ve(P) = nrp p(l(rp,R—D—tL,R—D)—rp( ) (2 (D+1))
R—D)’—(R—D—1)’
+( ) (3 L)>7 if rPera

(8.42b)

and the compensation attraction becomes:

Ve
Ac = ——=
¢ arp
2nGAp
= rl% (I(rp,R—D—rS,R—D)—rpI'(rp,R—D—rg,R—D) (842C)
(R DY—(R—-D— tL)3>
3 .

Figures 8.6 and 8.7 show how the terms SITE = ¥ and DITE = AT of
Eq. (8.42a) increase with H and \}r.
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Although the topographic attraction is much larger than the SITE for a small
angle Vs, the ratio between SITE and DITE increases with . Also, the spherical
contribution of A’ and SITE shows the ratio is:

SITE 2 2 for n=0
'n_”+1_{0 for n=o00 (8.43)

Traditionally, the gravity anomaly can be determined to higher accuracy than the
gravity disturbance due to the fact that the latter experienced the uncertainty of the
geoid height. This fact is hardly valid nowadays, because: the geoid is rather
well-known all over the world (e.g. by EGM2008) and satellite positioning deter-
mines directly the geodetic heights of recent gravity data points. As discussed by
Sjoberg (2013), the no-topography gravity anomaly is consistent with the Bouguer
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gravity disturbance in the sense that both remove all topographic effects. From a
practical point of view, it appears that the topographic correction in the Bouguer
gravity disturbance is simpler than that for the no-topography gravity anomaly, and
consequently Vajda et al. (2007) advocated for using the Bouguer gravity distur-
bance in gravity inversion. However, as for regional and global studies, the gravity
field and topographic heights are usually presented by an EGM and a DEM as series
of spherical harmonics, and the workload for determining the disturbance and
anomaly are practically the same. Hence, from a practical point of view, one can
either work with the isostatic gravity disturbance or the new isostatic gravity
anomaly for gravity inversion. In a numerical study of gravity inversion for the
Moho determination by the Vening Meinesz-Moritz (VMM) isostatic model (see
Sect. 8.5 and Sjoberg 2009), Tenzer and Bagherbandi (2012) demonstrated that the
application of the isostatic gravity disturbance improved the RMS fit of the
gravimetric solution with the (seismic) CRUST2.0 Moho model compared to the
result obtained by using the traditional isostatic gravity anomaly. This numerical
result was theoretically explained by Sjoberg (2013) and also Sjoberg et al. (2015).
As it is demonstrated here, the improvement in using the gravity disturbance or the
refined isostatic gravity anomaly is most significant for gravity inversion in areas
with an extended topography, while topographic roughness has less effect, i.e. the
effect is most important in the inversion of the low-frequency gravity signal.

8.4 Isostasy

The Earth is a perfect illustration of nature’s balance systems, and the principle of
isostasy is one example of this. In isostasy, there is a line of equality at which the
mass of land above geoid is compensated by the masses below geoid. Therefore, if
the Earth is in perfect isostatic balance, there is a depth within the Earth where the
total weight of Earth’s masses per unit area is the same all around the Earth. This
imaginary, mathematical surface is called the depth of compensation (D) below the
Earth’s surface. A state of isostatic equilibrium in which segments of Earth’s crust
float at levels determined by their thickness and density is attained by the com-
position and flow of material in the mantle by the simple formula:

R+H

+
pdh =0 (8.44)
R-D
where p is the density of the crust and D is the depth of compensation. This simple
model suggests that the solid-Earth topography, with height H > 0 on the conti-
nents and H <0 (as ocean depth) on the ocean, is somehow compensated. As we
will see later, the models for compensation varies.

The term isostasy was proposed in 1889 by the American geologist C. Dutton, but
the first idea of mass balancing of the Earth’s upper layer goes back to Leonardo da
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Vinci (1452-1519). The term means that the Earth’s topographic mass is balanced
(mass conservation) in one way or another, so that at a certain depth the pressure is
hydrostatic. Isostasy is an alternative view of Archimedes’ principle of hydrostatic
equilibrium. According to this principle, a floating body displaces its own weight.
A light mountain chain can be compared with an iceberg or a cork floating in water,
or, in proper terms, floating on the denser underlying mantle. When a certain area of
the crust reaches the “state of isostasy”, it is said to be in isostatic equilibrium
(balance), and the depth at which isostatic equilibrium prevails is called the com-
pensation depth (Heiskanen and Vening Meinesz 1958, Chap. 5). Although it is
generally accepted that the Earth is a dynamic system that responds to loads in many
different ways, isostasy still provides an important view of the on-going processes.

The Mohorovi¢i¢ discontinuity, usually called the Moho, is the boundary
between the Earth’s crust and mantle. This boundary can be determined by isostatic/
gravimetric and seismic methods (which do not necessarily fully agree). The masses
above the Moho we call the Earth’s crust. In 1909, Andrija Mohorovici¢, who was
a Croatian seismologist, used seismic waves to discover the crust-mantle boundary
(the Mohorovici¢ discontinuity). The Moho separates the oceanic as well as the
continental crusts (typically at 10 and 30 km below sea level, respectively) from the
underlying mantle. In accurate definition, the Moho is simply a physical/chemical
boundary between the crust and mantle where both the crust and mantle are defined
by material properties, which can cause large changes in geophysical properties,
such as seismic-wave velocity, density, pressure, temperature, etc. (Mooney et al.
1998; Kaban et al. 2003; Martinec 1994).

Usually, topographic loads of wavelengths below 50 km are supported by the
underlying lithosphere and are therefore not isostatically compensated. For wave-
lengths from 50 to 500 km, the topography is typically compensated by elastic
flexure in the upper lithosphere, and, for longer wavelengths, it is generally in
isostatic balance, except in the very long wavelengths, which are mainly due to
dynamic processes in the interior of the mantle.

In geophysics, isostasy is essential mainly for studying geodynamic processes in
the crust and upper mantle, and, in geology, it helps in explaining various topo-
graphic and geologic features around the world. For example, using isostatic
hypotheses, the geological interpretation for compensation of topography and study
on structure of lithosphere can be inferred (Ebbing et al. 2012; Kolstrup et al. 2012).

8.4.1 Crustal Thickness and Isostasy

Seismic surveys are expensive, and in many areas seismic information feasible for
depth estimation of the crust is therefore sparse or lacking, inferring poor crustal
thickness models. This is especially the case in oceanic regions. Today gravity
surveys are much more cost-effective, allowing crustal thickness to be estimated by
gravity inversion under the assumption of some kind of isostatic model (e.g. the
models of Airy, Pratt, Vening Meinesz or Vening Meinesz—Mortiz), where the
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gravity anomaly is mainly assumed to be the effect of variations in the crustal
thickness. The isostatic assumption needs to be verified before using
gravity-derived crustal thickness to fill-in data gaps in seismic coverage.
Correlations between crustal thickness, height, and Bouguer anomaly are good
indicators for the possibility of using gravity-derived crustal thickness, from off-
shore areas to the highest mountains (Assumpcao et al. 2013b).

Figures 8.8a—c show that the correlations obtained from the compiled datasets in
South America follow the expected behaviour for an isostatically compensated
crust. Higher elevations correspond to lower Bouguer gravity disturbance and
thicker crust (Fig. 8.8a). Considering the large variations between oceanic and
continental crust, or between the stable cratonic lowlands and the high South
American plateau, verifies that the Bouguer disturbance can be used to determine
crustal thickness by applying an isostatic model. The high correlation between the
Bouguer gravity disturbance and crustal thickness (the correlation coefficient is
more than 0.91 in Fig. 8.8c), shows that the Moho geometry can be estimated by
the Bouguer gravity disturbance. Figures 8.9a—c support this idea. (Note that these
figures show only the relations between height, Bouguer gravity disturbance and
crustal thickness in the continental regions.) Figure 8.9a show a correlation (co-
efficient) of —0.52 between height and Bouguer gravity disturbance, while Fig. 8.9b
indicates a coefficient of —0.54 between Bouguer gravity disturbance and crustal
thickness. Hence, the Bouguer gravity disturbance can be a useful indicator of the
crustal thickness. On the other hand, Fig. 8.9c shows that there is low correlation
(0.35) between the topographic height and crustal thickness, which means that the
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variations of topography within the stable continental interior are more or less
isostatically compensated. Hence, this result puts into doubt the Airy-Heiskanen’s
hypothesis of a close correlation between topographic height and Moho depth
(Sect. 8.4.2). This result also indicates that using local compensation models, such
as those of Airy and Pratt, which are only related to topographic height, will
frequently not be successful in determining the crustal thickness within continents
(at least not in South America). Alternatively, gravity data and an isostatic model
could be used for crustal thickness modelling.
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8.4.2 Crustal Thickness Models

The original principles of isostasy by Airy (1855) and Pratt (1855) are based on local
compensation mechanisms by assuming that the density of a unit prism of the Earth’s
crust times its volume is constant, i.e. equal-pressure and equal-mass hypotheses at
the compensation depth (that varies between the models) (see Eq. 8.44). These
models assume that the topographic mass compensation is uniformly distributed
vertically and directly compensates the topographic masses along the vertical (local
compensation), i.e. the reciprocal forces from the mantle compensate for the pressure
of the topographic masses. As the Earth’s crust is very complicated, some approx-
imations must be considered for compensating the topographic masses. For example,
using a constant density for different layers of the topographic masses is such an
approximation. Different hypotheses have been presented based on this principle.
The ideal model should be realistic and easy to apply, and it may involve either or
both a variable compensation depth or/and a variable crustal density.

There are different methods that can be used to determine the Moho depth by
using gravity data. Important references and studies are the solutions of Oldenburg
(1974), Shin et al. (2009), Barzaghi and Biagi (2014) at regional scale and the
works of Siinkel (1985), Moritz (1990) and Sjoberg (2009, 2013) at global scale.
Table 8.2 shows various isostatic and non-isostatic Moho depth models, showing
some of their characteristics.

Among the isostatic models, Airy-Heiskanen’s and Pratt-Hayford’s models are
based on classical isostatic assumptions with local compensations (see Figs. 8.15
and 8.16). In contrast, Vening—Meinesz (1931) modified the Airy-Heiskanen theory
by introducing a regional instead of local isostatic compensation (see Fig. 8.17).
Parker-Oldenburg’s method (Parker 1972; Oldenburg 1974) is a gravimetric
method that, similar to the VMM method, assumes a variable Moho depth and a
constant density contrast. In fact, both models use inversion theory (see, e.g.
Dorman and Lewis 1970), implying that the Bouguer gravity anomaly relates to
elevation/depth at a certain position. Parker-Oldenburg’s method is based on a
planar approximation model and uses FFT technique, and it uses an iterative pro-
cedure to estimate the Moho depth. The VMM solutions by Moritz and Sjoberg use
the Vening Meinesz’ idea, but Moritz’ solution is an iterative solution while
Sjoberg presented a direct solution (see Sect. 8.5). The VMM model is a flexible
model, because we can alter the model for estimating either the Moho depth or the
density contrast or even both parameters (see Sjoberg and Bagherbandi 2011).

Seismic models are based on measuring the travel-time of the seismic waves
(e.g. CRUSTL1.0). The advantages of using artificial explosions rather than earth-
quakes are that the time and position of the shot are accurately known (see
Fig. 8.10). There are some limitations in the seismic surveys to estimate the Moho
depth: (1) The seismic data acquisition is expensive and the amount of data col-
lected in a survey can rapidly become overwhelming; (2) The seismic model suffers
from lack of global coverage of data; and (3) The data reduction and processing is
time-consuming, requiring sophisticated computer hardware, demanding consid-
erable expertise.
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Table 8.2 Comparison of various models for determination of the Moho depth

8 Gravity Inversion

Model Area of Known parameters References
compensation
Isostatic Airy-Heiskanen | Local Height Airy (1855)
models Pratt-Hayford Local Height and compensation Pratt (1855)
depth
Vening Meinesz | Regional Height Vening
Meinesz
(1931)
Stinkel Global Modified Airy-Heiskanen Stinkel
(1985)
Moritz Global Gravity and height Moritz
(1990)
Vening Global Gravity and height Sjoberg
Meinesz-Moritz (2009)
(KTH method)
Seismic Cadek and Global Seismic data Cadek and
models Martinec Martinec
(1991)
CRUSTS.0 Global Seismic data Mooney et al.
(1998)
CRUST2.0 Global Seismic data Bassin et al.
(2000)
CRUST1.0 Global Seismic data Laske et al.
(2013)
European Moho | Europa seismic profiles, 3-D models | Grad et al.
depth obtained by body and (2009)
surface waves
EuCRUST-07 Eurasia seismic tomography data Tesauro et al.
(2008)
Antarctica Antarctica seismic data Baranov and
1x1 Morelli
(2013)
Combined | KTH-C Global Gravity and seismic data Sjoberg and
models Bagherbandi
(2011)

One of the first global models of the Moho surface was presented by Cadek and

Martinec (1991) in terms of the spherical harmonics to degree and order 30 based
on different sources of seismic data (see Fig. 8.12).

Because of large data gaps in the seismic models, the isostatic Moho models
(e.g. VMM) are complementary to seismic models, in particular in areas where
seismic data are sparse. Hence, due to the latest developments in satellite tech-
nology and gravimetry, the problem of seismic data gaps can be solved/diminished
by gravimetric-isostatic methods. An early combined global Moho model based on
seismic and gravimetric data was presented by Sjoberg and Bagherbandi (2011).
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However, the gravimetric/isostatic models suffer from the assumed isostatic
hypotheses, which are used in formulating the models. This is because it is not clear
how realistic the applied hypotheses are, and the real Moho geometry does not
necessarily follow those assumptions. However, the rather large differences
between the seismic and gravimetric-isostatic methods in some areas are mainly due
to sparse seismic data. This is the case in the vast continental regions, where seismic
measurements are not available, such as for large portions of Africa, Peru—Chile,
Asia and Greenland and also open ocean areas (Mooney et al. 1998). Therefore, in
comparison with seismic data, gravimetric methods have the great advantage of
having much better access to data at any place on Earth.

8.4.2.1 Seismic Models

As mentioned in the introduction to Sect. 8.4, the boundary between the Earth’s
mantle and crust is generally approximated by a sharp surface defined as the dis-
continuity separating rocks having V,, (P-wave) velocities of 6 km/s from those
having velocities of about 8 km/s (Meissner 1973). The compositional differences
between crust and mantle, causing this increase in seismic velocity, is usually
reflected in a corresponding increase of density. Seismic models (e.g. Cadek and
Martinec 1991; CRUSTS.0; CRUST2.0; CRUST1.0) are based on measuring the
travel times of the seismic waves.

8.4.2.2 Seismic Techniques

By seismic methods, it is possible to explore geophysical properties of the Earth’s
layers and to determine their thicknesses, especially for the crust. Seismic waves
can be measured by seismographs at recording stations in both an observatory and
in the field. The speed of the wave is calculated and then used to determine the
thickness of layers (e.g. Moho depth) and probable composition of the layers.
Generally, there are two seismic methods to study the Earth’s interior: global
seismology (earthquake data) and controlled source seismology (Fig. 8.10). Using
earthquake waves provide information on global earth structure and large-scale
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Fig. 8.10 Seismic waves and their behaviour (seismic refraction vs. reflection)
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velocity anomalies (100°s—1000’s km) while using controlled-source seismology
enables higher resolution studies (metres to 100’s km). The controlled-source
seismology requires a controlled seismic source of energy, such as dynamite, a
specialized air gun or a seismic vibrator, commonly known by the trademark name
Vibroseis. The method uses recorded arrival times at a line or array of geophones to
interpret the velocity structure. This method can be divided into two techniques,
refraction and reflection techniques which are depended on the seismic waves
transmitted through the Earth’s layers (see Fig. 8.10):

e The seismic refraction method is based on the measurement of the travel time of
seismic waves refracted at the interfaces between subsurface layers of different
velocity. Data are recorded on a seismograph and later analysed. Depth profiles
for each refractor are produced by an analytical procedure based on consider-
ation of shot and receiver geometry, the measured travel times and calculated
velocities.

e The seismic reflection method is based on the fact that when a wave reaches a
boundary between two materials having different physical properties (e.g.
density or temperature), that wave will be reflected back to the surface. The
angle at which the seismic waves are reflected is determined by the angle of
incidence of the waves.

There are numerous classes of seismic waves, and they all move in different
ways. The two main types of waves are body waves and surface waves (Skinner
and Porter 1995). Body waves can travel through the Earth’s inner layers, but
surface waves only move along the surface of the planet like ripples on water.
Earthquakes release seismic energy as both body and surface waves.

The first kind of body wave is the P wave or primary wave. It has the greatest
velocity of all seismic waves (6 km/s in the uppermost portion of the crust), and,
consequently, it is the first signal to be recorded at a seismic station. The P wave
can move through solid rock and fluids, like water or the liquid layers of the Earth,
and it causes alternate compressions and expansions the rock that it passes through.
Hence, the particles in the rock will move back and forth parallel to the direction of
the wave.

The second type of body wave is the S wave (secondary wave or shear wave),
which is slower than the P wave and can only move through solid rock, not through
any liquid. The speed of the wave in the upper crust is about 3.5 km/s. This wave
causes a shearing motion, and the particles in a rock will move up and down
perpendicular to the direction of the wave propagation.

Variations in seismic wave velocities within the Earth’s interior can be seen in
Fig. 8.11. Wave velocity changes occur at the boundaries between crust and mantle
and between mantle and core. Another change occurs at the depth of about 100 km
(corresponding to the lithosphere—asthenosphere boundary) and at the 400 and 670
km deep discontinuities. For example, the P-wave velocity at the top of the mantle
is about 8 km/s, and it increases to 14 km/s at the core—-mantle boundary.
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Fig. 8.11 Seismic wave velocities in the Earth (Kennett and Engdahl 1991). Variations of P- and
S-wave velocities with depth

8.4.2.3 The Crustal Thickness Model of Cadek and Martinec

A Moho model, compiled from various seismic data sources, is shown in Fig. 8.12.
The source material used for constructing the spherical harmonic expansion of the
crustal thickness was the seismic data produced by Meissner et al. (1987),
Belyaevsky (1981), Belyaevsky and Volkovsky (1980), Allenby and Schnetzler
(1983) and Goslin et al. (1972). In no data regions a mean value of the crustal
thickness was assumed. For example, they assumed a uniform crustal thickness of
7 km in the Arctic Ocean, Southern Ocean, Indian Ocean, South Atlantic Ocean
and 35 km in North of Canada (see more details in Cadek and Martinec 1991,
Fig. 1). For oceanic regions with a considerable local topography (i.e. for islands),
an appropriate topographic correction was considered (e.g. in New Zealand). The
model was presented as a global crustal-thickness map in a grid with steps sized 2°.

Fig. 8.12 VCrustal thickness . Crustal thickness modelby Cadek and Martinec (1991) -
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As the quality of the seismic data is not uniform and the observation error affects
the result, they presented a simple method to find an optimal upper degree 7,.x.
First they introduced the Root Mean Square difference (A) between the crustal
depth data sets D(6;,4;) and the model given by the finite spherical harmonic
expansion:

N Mmax n 2 1/2
A= %,Z D(0:,2) = > > dunYun (03, 1) : (8.45)
i=1 n=0 m=—n

where N is the number of observation points and n,,x is the maximum degree of the
model.

The data set consists of observations distributed globally. Using trial and error
and changing the degree and order, they varied A. The obtained A should be
compared with a threshold value to estimate ny,,. They assumed the average error
Ao = 2-3 km on the oceans and Ac =5 km on the continents. Accepting these
error estimates, they found n,,, to be about 30. In this case, A <min(Ac, Ap). The
coefficients d,, are available by following the above mentioned method for
Nmax = 30. The numerical results are those illustrated in Fig. 8.12.

8.4.2.4 CRUSTS.0

Another global seismic model is CRUST5.0 (Mooney et al. 1998), including 2592
tiles at a resolution of 5° x 5°, was created as a first attempt to estimate the global
crustal thickness (see Fig. 8.13). CRUSTS.0 is based on seismic refraction data
published in the period 1984—-1995. The accuracy of CRUSTS.0 is not specified, but
it varies from place to place. For example, the accuracies of this model seems to be
generally better in the United States and Europe because of denser seismic mea-
surements (Mooney et al. 1998, Fig. 1), but much worse in Africa, Greenland and
in some parts of Asia and Antarctica. For the latter regions, the crustal thickness
was only estimated by some interpolation method.

8.4.2.5 CRUST2.0

The global crustal model CRUST2.0 was released by the US Geological Survey and
Institute for Geophysics at the University of California in 2000 (Bassin et al. 2000;
Laske et al. 2000). It is a global crustal model with a grid of 2° x 2°, offering a
rather detailed density structure of the crust and uppermost mantle. CRUST2.0 is
obtained by the analysis of the travel times of seismic waves. This model takes
advantage of the compilation of the global sediment thickness, which is defined on
a 1° x 1° grid as well as compiled ice thickness on the same scale. This model
includes information on the depth and density of layers: (1) ice, (2) water, (3) soft
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Fig. 8.13 CRUST 5.0 data, location of seismic refraction profiles used in Mooney et al. (1998).
Triangles correspond to locations within continents and on margins. Solid circles are locations of
oceanic refraction profiles (after Christensen 1982)

sediments, (4) hard sediments, (5) upper crust, (6) middle crust and (7) lower crust,
whose 7th layer describes the Moho depth. The model does not cover the entire
Earth (Mooney et al. 1998), and it was estimated by interpolation method.

8.4.2.6 CRUST1.0

The Moho depth in CRUST1.0 is based on one-degree averages of crustal thickness
data from active-source seismic studies (earthquake data) as well as from con-
trolled—source seismology. In areas where such constraints are still missing, for
example in Antarctica, the crustal thicknesses are estimated using gravity con-
straints. In CRUST1.0, the principal crustal types adopted from both CRUST2.0
and CRUSTS5.0, as well as from the crustal types aligned with the crustal-age map
of Artemieva and Mooney (2001). CRUST1.0 also has a few new types of data,
including one for very young (<3 Myears) oceans. In contrast to older models, the
function of crustal types in CRUST1.0 is limited to assigning elastic parameters to
layers in the crystalline crust. There are less than 40 crustal types, and each of the
1° x 1° cells have a unique eight-layer crustal profile consisting of the layers for
water, ice, upper sediments, middle sediments, lower sediments, upper crust, middle
crust and lower crust.

The mean Moho depths of CRUSTI1.0 are 23 km (global), 38.0 km (in conti-
nents) and 12.6 km (in oceans), and the minimum and maximum crustal thick-
nesses are 7.4 and 75 km, respectively (see Fig. 8.14).
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Fig. 8.14 CRUSTI, global
crustal model at 1° x 1°
(Laske et al. 2013)

8.4.2.7 Airy-Heiskanen’s Hypothesis

According to Airy-Heiskanen’s hypothesis (Heiskanen and Moritz 1967, Sect. 3.4),
the solid Earth’s crust floats on the viscous and denser mantle exactly as icebergs in
the oceans. This hypothesis puts emphasis on local compensation, and there are
light roots under mountains and heavy anti-roots under oceans (Fig. 8.15).
Although both models originate from Eq. (8.44), the fundamental difference
between Airy-Heiskanen’s and Pratt-Hayford’s views is that the former postulates a
uniform density with varying thickness of crust, while the latter is constructed by a
uniform depth with varying crustal density.

Considering Eq. (8.44) for density p, in the crust and Ap = p,, — p,, that is the
density contrast between mantle (p,,) and crust (the density of the mantle
3.27 glem® is 18% denser than that of the crust), we obtain the following equation
below compensation depth Dy:

Hp.—t1Ap=0 (8.46a)
Fig. 8.15 Airy’s model. The $km
solid-Earth topographic e ¥
features are compensated by k| i Ocean
roots (#;) over land and J i H 3 km
anti-roots (tp) over ocean A TN MSTAE] NP P | i, SR
areas T R Pt H
T
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which yields the root

H
_H 8.46b
4] AIO Pes ( )

where H is the topographic height, and # is root of the crust. In the
Airy-Heiskanen’s hypothesis, the density of the crust is assumed constant.
At sea, the equilibrium condition (8.44) can now be written as:

d(p.—py)+1,Ap=0 (8.47a)

where d is sea depth and p,, is the density of water, thus the anti-root (¢,) is given
by:

d(pc - pw)

Y (8.47b)

ty =

The Earth’s crustal thickness D will vary by the thicknesses of roots and
anti-roots (Heiskanen and Vening Meinesz 1958, p. 137):

Do —t, — H' ocean ’ (8.48)

D— { Do+t,+H  continental
where Dy is the normal Moho depth and H’ denotes the depth of the ocean. The
roots and anti-roots of the crustal thickness with respect to Dy can also be obtained
in a spherical approximation (Rummel et al. 1988):

. 2D+ (p*+1)H  (2Do+p*H)[2Do + (p* + 1)H
t;=pH{1+ 0 (/IZ JH | (2Do+p )[Rzo (p" + H]
8.49a
_ Do(Do+p*H)  (p* — H? ( )
R? 3R? ’
2Dy — (p'+ 1)H'  (2Dy — p'H")[2D, '+ 1)H’
l‘,,Zlel{l-i- 0 (£+ ) _,’_( 0o— P )[R20+(p+ ) }
8.49b
D()(D()*,O/H/) <p/27 I)H/Z ( )
R? 3R? ’

where p* = p/Ap and p’ = (p, — p,,)/Ap, and R is the Earth’s mean radius. The
planar approximations in Egs. (8.46b) and (8.47b) are obtained by letting
R approach infinity in these equations.
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8.4.2.8 Pratt-Hayford’s Model

According to Pratt-Hayford’s hypothesis, the isostatic compensation depth (D) is
constant (typically 100 km) and the density (p) in and under the mountains is
smaller than under the flat regions (p,) or under the oceans (Fig. 8.16). Here the
density variations play a main role in the isostatic system. Also, the compensation
layer is located directly underneath the mountains and reaches to the compensation
depth, where equilibrium prevails (Heiskanen and Vening Meinesz 1958, p. 126).

Mathematically, the equilibrium condition Eq. (8.44) can be expressed in con-
tinental and ocean regions as:

(D+H)p=Dpy=p = Po (8.50a)

D+H

and

/
(D—H')p+H'p=Dpy = p=py+ % (Po = Pw) (8.50b)
respectively.

In conclusion, the classical isostatic models of Airy and Pratt for the topographic
masses are compensated either by a variable Moho depth or crustal density.
Pratt-Hayford’s model is based on a constant compensation depth and a variable
topographic density (or density contrast), while Airy-Heiskanen’s model assumes a
constant topographic density with a variable compensation depth (mountain root). In
reality, both Moho depth and density contrast vary. The best model is the one that
considers both the Moho depth and density contrast as variables. A disadvantage of
the original Airy-Heiskanen model is the fact that the anti-roots in the ocean areas
can attain unrealistic values that are larger than the thicknesses of the crust
(Makhloof 2007). This means that H' must not be larger than approximately 8000 m.

Fig. 8.16 Pratt’s model. The oy
solid—Earth-crust elevation 3k 4km "
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This problem primarily occurs in some deep-ocean areas; for example, in the Arctic
Ocean with 5450 m depth, the 7725 m Java trench in the Indian Ocean, the 8648 m
Puerto Rico trench in the Atlantic Ocean and the 11033 m Mariana trench in the
Pacific Ocean. Usually, a combined Airy-Pratt model is applied to overcome such a
problem (Wild and Heck 2004a, b; Makhloof 2007) by implementing the
Airy-Heiskanen model for the continental region and Pratt-Hayford model for the
ocean areas. Also, Airy-Heiskanen’s compensation model usually assumes a con-
stant density contrast at the Moho discontinuity, although a laterally variable density
contrast should be more realistic.

8.4.2.9 Vening Meinesz’ Model

Vening Meinesz (1931) modified the Airy-Heiskanen theory by introducing a
regional isostatic compensation based on a flat-Earth approximation. In his
approach, each topographic column of an infinitely small cross-section is consid-
ered to be compensated by a mass equal to the local compensation of this element
but spread horizontally according to the curved deformation of the Earth’s crust.
Each inverse problem in isostasy assumes the isostatic gravity anomaly to be zero
under a certain isostatic hypothesis. In the case of the Vening Meinesz isostatic
hypothesis, the Moho density contrast is constant, while the Moho depth is variable
(in Airy’s model). Hence, the Vening Meinesz inverse isostatic problem aims at
determining a suitable variable Moho depth for a prescribed constant-density
contrast. Seismology shows that the crust is thicker (30—90 km) underneath con-
tinents than under oceans (5—15 km). This variation of the depth of the Moho and
the general agreement between the thickness of the crust estimated from the seismic
and gravity methods support the Airy-Heiskanen and Vening Meinesz models. In
the Airy-Heiskanen theory, there is no correlation between neighbouring crustal
columns, while we know that this must be the case in reality due to the elasticity of
the Earth. The difference between the Airy-Heiskanen and the Vening Meinesz
models is thus a matter of local-versus-regional mechanisms of topographic mass
compensation. In the regional compensation model, the compensating masses of the
mountains are distributed laterally, and, to achieve this, Vening Meinesz (1931)
assumed that the crust is a homogenous elastic plate floating on a viscous mantle
(Fig. 8.17).

In Vening Meinesz’ model, local compensation spreads horizontally, reducing
from the centre of the region towards the margin. Therefore, bending of the crust is
expected for an elastic plate floating on the mantle (Vening Meinesz and Heiskanen
1958, pp. 138-139). The main assumption in the Vening Meinesz model is that the
load of the topographic mass causes the Earth’s crust to bend until equilibrium
prevails. The bending curve can be determined from Hertz’s formula by assuming
that the plate of infinite dimensions is loaded by a concentrated mass. This model
shows how density compensates with the distance from the load centre (Fig. 8.18).
The sinking (S) in the centre of the load is given by:
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where L is the load’s width. The sinking will decrease with distance from the centre.
Figure 8.18 shows the relation between increasing the distance from the centre (x),
where x is function of L, and sinking factor n (where n = 1, 2, ..., m).

8.4.2.10 Siinkel’s Model

The difference between the Airy-Heiskanen and the Vening Meinesz models is a
matter of local-versus-regional mechanisms of topographic compensation. Already
some studies have been performed for modifying Airy-Heiskanen’s model. The
most well-known is Siinkel’s (1985) model, which can be also found in Rummel
et al. (1988). Siinkel estimated the Earth crustal thickness by introducing a
smoothing factor in Airy-Heiskanen’s model to obtain a regional compensation
according to Vening Meinesz’ idea. Rummel et al. (ibid) studied global
topographic/isostatic models and defined some criteria (e.g. that the norm of the

Fig_ 8.18 The sinking at the 1.2 Bending curve of the Vening Meinesz system
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residual potential of topographic and compensating masses should be a minimum)
to estimate the depth of isostatic compensation.

According to Siinkel (1985), the topographic-isostatic (TI) harmonic coefficients
based on the Airy-Heiskanen model are given by (Rummel et al. 1988, see also
Sjoberg 1998a, b):

(- ()2 (s 5)) e
AR () )] e

where D is the crustal thickness (or depth of compensation).

By assuming that the Vening Meinesz (VM) model is correct, the smoothed
Airy-Heiskanen (SAH) model can be obtained by assuming the following harmonic
coefficients for AH and VM

o 3 pe
e 2n+1p,

AH 3 [(ch)nm n (n+2)Dy (5.H) (n+2) 1

2772
~ H
S ontp, | R R R o o P

(8.53a)
CVM ~ 3
" (2n+1)p,

L (1 42)(n+1) (Ap(Dyy —Dy)),,,
6 R3

(Ap(DVM _DO))nm + (I’l+2) (AP(D% _D‘Z/M))nm
R 2 R?

(8.53b)

b

the SAH harmonic coefficients (c337) according to Siinkel (1985, p. 23) can be

written as:
s 3 pe g, R—D H,m,+n+2 L4p Pe R—-D\" 7\ (H?),,
" dn+1p, R 2 "A R R?

e )] o

where GM = 4GR*p,n / 3 is the geocentric gravitational constant, p. is the crust
density, p, ~ 5.5 g/em® is the mean density of the Earth’s mass and B, is the
degree-dependent smoothing factor. This corresponds to an isotropic smoothing
operator

1 o0
—>» (2n+1) 8.55
= an 2 Pt VAP (), (8.55a)

n
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with eigenvalues f,:

1

p,=2mn / B(t)P,(t)dt. t=cosy (8.55b)

~1
The operator B can be used in both spatial and spectral form:
B(t)H < [,Hyn. (8.55¢)

Here we should notice that the rock/ocean topography remains unchanged, and
only the compensation root/antiroot surface is smoothed. The idea behind the
operator B is to replace the block-averaging operator by a homogenous and iso-
tropic moving-average operator of constant weight. According to the convolution
theorem, the moving-average convolution process in the space domain corresponds
to a simple product between the eigenvalues of the moving-average operator and
the Fourier coefficients of the function to be averaged in the frequency domain
(Siinkel 1985).

8.4.2.11 An Alternative Method Using Siinkel’s Model

For estimating the smoothing factors, we form the following equation based on the
Airy-Heiskanen and the VMM models (Sect. 8.5)

VMM _ SAH _ (

nm nm )

c (8.56a)

where ¢/ and ¢5AH are the VMM and the smoothed AH harmonic coefficients,
respectively.
Considering only the two first terms in Eq. (8.54), the smoothed isostatic

coefficients can be written as:

R — D\"H,, n+2p, (R—D\"(H?),,
anm<—) 7ﬁnm _C< > ( )

Si _ 3 &
( nm)AHi 2n+ 1 0.

)

R R 2 Ap\ R R
(8.56b)

where f3,,, is the smoothing factor for each degree and order which can be can be
uniquely solved from this equation. By inserting Eq. (8.56b) into Eq. (8.56a), the
smoothing factors can be obtained using the least-square adjustment for each degree:

W N (2ntDpeptM
ﬁn B m;n 3pc (“:11m - a%my (857a>
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where:
7 = (R—RD) ngm, (8.57b)
n+2p. (R—D\"H?
o =~ A (R > ) (8.57¢)

Thus the harmonic coefficients of the VMM can be written by:

3 p.-
VMM c 1 2
= . 8.57d
Cnm zn 1 pf n (Ocnm Ocnm) ( )

The variance of the harmonic coefficients of the compensating potential using
Eq. (8.53b) is obtained by:

i\ 2 3 Ap ? O%D,,m
(7)o (Zn—i—lp_e) (T ’ (8:58)

where AD =D — Dy and oap,, is the standard error of AD,,,. The harmonic
coefficients of AD are determined by:

(D —Dy),,,= ADp = 4i // (D — Dg)Y,um(P)da = (bY,) AD, (8.59)
T

where AD = D — Dy. The integral of Y, in the equation has been vectorized by
bY . which is multiplied by Moho topography AD and ()* denotes a transpose
operator. In this case, the dimension of bY is 2M? x 1, where M is the number of
grid cells from north to south, which is determined according to the resolution.
Similarly, the harmonic-coefficient standard error of AD,,, is estimated by using the

law of error propagation:

30, = (D) Qan,, by (8.60)

where Q,p is variance—covariance matrix of ADyy,.

8.4.2.12 A Practical Method

A practical method was also suggested by Siinkel (1985) for determining f,
through the following condition, which uses the least-squares technique. In this
method, the energy of the gravity field reduced by the TI (topographic-isostatic)
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potential is minimized. Then, by the following formula, the best f3, for estimating
the SAH model is sought:

[V — VS |[*= min, (8.61)

where V54H and V are the SAH and Earth’s gravitational potentials, respectively.
According to Siinkel the low-order harmonics of the anomalous gravitational
potential are, to a large degree, due to density disturbance in the upper mantle, and
probably due to even deeper sources. Therefore, it makes no sense to include only
the long-wavelength part in Eq. (8.61) and requiring that ¢, ~ ¢34 and yielding 3,

n
as (based on correlation consideration between the two degree variances):

B, = (R;D)_n<1 f;;O (2n+1)cﬁ>, (8.62)

Hy,

where ¢ and (c$4")? are the degree variances of Earth’s gravitational potential and the
SAH model. Alternatively, one can model /3, by a Gaussian filter (Stinkel 1985, p. 23)

B, =e ", (8.63)

where a solution to b (= 0.00223 for D = 24 km) was presented by Siinkel (1985),
based on a least squares method. Figure 8.19 shows the smoothing factor as a
function of degree n. For larger numbers of b, it decreases faster to zero. In addition,
it shows that most power of the TI harmonic coefficients up to value 0.5 will
remain, and, below 0.5, it is filtered.

8.5 Moho Determination by Vening
Meinesz-Moritz Theory

Moritz (1990, Sect. 8) generalized Vening Meinesz’ isostatic hypothesis and
solution in a global, spherical approximation, here called Vening Meinesz-Moritz’
(VMM) model. The VMM isostatic (flexural) model represents a more realistic
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assumption of the global compensation mechanism described for the Earth’s ho-
mogenous crust. The main idea is simple, but the theoretical modelling is somewhat
difficult, because the mass distribution of the Earth’s crust is complicated, and also
many geophysical phenomena should be considered. Sjoberg (2009) formulated
this problem as that of solving a non-linear Fredholm integral, also an equation of
the first kind, and he presented some solutions for the crustal thickness and then a
solution for the Moho density contrast (MDC) that were published by Sjoberg and
Bagherbandi (2011). Tenzer and Bagherbandi (2012) and Sjoberg (2013) suggested
Bouguer gravity disturbance rather than Bouguer gravity anomaly as the primary
observable in the solutions (see Sect. 8.3), and this idea will be followed here.
The VMM problem and its solution are described next.

8.5.1 Formulating the Mathematical Problem

The VMM problem (Moritz 1990) is to determine the Moho depth D such that the
compensating attraction A¢ totally compensates the Bouguer gravity disturbance 5g®
on the Earth’s surface (approximated by a sphere of radius R), implying that the
isostatic gravity disturbance (Jg’) vanishes for each point on the Earth’s surface, i.e.

og' =08 +Ac =0. (8.64a)

Actually, this equation can be generalized to any point (P) in space with radius
equal to or larger than sea-level radius for the isostatic gravity disturbance, gravity
anomaly or disturbing potential:

0g'(P)=0; rp>R (8.64b)
A" (P)=0; rp>R (8.64c)

and
T'(P)=0; rp>R (8.64d)

These equations are only theoretically exact, but not in reality. First, it is
assumed that the 5g® can been reduced for all topographical attraction (A”). Second,
local deviations from isostatic equilibrium may occur.

8.5.2 Formulating the Integral Equation

The isostatic inverse problem according to the VMM hypothesis is primarily based
on a constant density contrast (Ap = p,, — p, = const) at the Moho boundary, and
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a variable Moho depth (Moritz 1990). The integral equations corresponding to
Egs. (8.64b, d) and the radial gravity gradient are all given by Eq. (8.24). For the
Bouguer gravity disturbance observable on the sphere of radius R, it becomes:

R/ K(Y,t)da = h(P), (8.65a)
where:
W(P) = —(66(P) +Aco(P)) /(GAp) (3.65b)
K(b.7) = PR D) = "1 (1= 0]y eos:
n=0
s=1—1;1=D/R, (8.65c¢)

or, in a closed form with ¢t = cos y (Sjoberg 2009):

K, 1) = Jo(t, 1) — J3(1,7) (8.65d)

with

1-22)1—1)+t (1—27)+¢
JL(t,7) = R ( - RIn¥ 8.66

2( ﬂT) |: (1 _ lz)lle (1 — IZ)ZPO + nw, ( a)

and
J(1,7) = R {(x/R)2(1 )= (5-62) 2142 312}i ke
35 1-2 R Pe v, ’
(8.66b)

where:

Y= M‘ (8.66¢)

1—I—T+IPXI/R

In a similar way, Egs. (8.21) and (8.24) can be used to formulate integral
equations for the Moho depth with Bouguer disturbing potential and radial dis-
turbing anomaly and its gravity gradient as observables.
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8.5.3 Solving the Integral Equation to Second Order

If the gravity field is represented by an EGM, the solution for the VMM problem of
the Moho depth is conveniently performed in the spectral domain according to the
basic derivation in Sect. 8.2 with the solution given, e.g. by Eqgs. (8.11b) and
(8.12), which we will use to second order (see also Sjoberg 2009, 2013). Here we
assume that the Bouguer gravity disturbances in Eq. (8.65b) are available as a series
in spherical harmonics, so:

P) = io: zn: hannm(P)~ (867)

Then a second-order solution for the Moho depth can be written (Sjoberg 2009,
2013) as:

D= (D)t £ "2 S (D)), Yan (P, (8.682)

n 0 m=—n

or
(D)p 1 // (D1)* = (D)7
Dp = (D — d 8.68b
r=D0rt 2 "R So(y/2) | ( )
a
where:
X 2n+1
D R Yo (P 8.69
' 47'[ n=0 I’l+1 mZn ( )

is the first-order solution.

The gravimetric/isostatic-induced Moho depth is a smooth surface, whose har-
monics beyond, say, degree and order 100, are not very significant (see, e.g.
Turcotte and Schubert 2002, p. 195). Therefore the infinite sum should be limited,
say, to degree 100180 (the upper limit is not clarified). Higher-degree terms are
likely to be isostatically uncompensated, so that their inclusion in the above
equations will lead to false short-wavelength Moho geometry.

A first order approximation (D;) of the Moho depth can be directly computed
from a global set of spherical harmonics of the no-topography gravity disturbance,
hum, as the first (linear) term of Eq. (8.68a, 8.68b), but, practically, by using the
equation with a finite upper limit. In practice, the free-air gravity disturbance (Jg) is
directly available from an Earth gravitational model (EGM), e.g. EGM2008 com-
plete to degree and order 2160 (Pavlis et al. 2012). With access to a corresponding
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spherical-harmonic representation H,, of the topographic height (such as
DTM2006; Pavlis et al. 2007), the no-topography harmonic coefficients can be
computed from the free-air gravity-disturbance coefficients (G,,,). (A better solution
requires that the lateral density variations of topographic density be considered.)
Thus one obtains:

b = [27(uH),,, — Gun] /(GAp). (8.70)

As the first/linear term in Eq. (8.69), D; is much larger than the remaining
second-order terms, the second-order solution is directly obtained (without
iteration).

Finally, we present also Eq. (8.69) in the space domain (for n, — o0) as:

(8.71)

where the second term is a Hotine type integral (Sect. 3.3.3; Hotine 1969, p. 392).

In Eq. (8.68b), the integral should be significant only in a small region around
the computation point. As Eq. (8.68b) includes all terms of second order and
D < 100 km, the achievable accuracy due to this approximation is of the order of
100°/63717 km ~ 25 m, which should be sufficient for most practical applications.
The third term Eq. (8.68b) needs some special care to compute, as it has a strong
singularity at the computation point. Hence, for the near-zone (within the cap size
V), we may use a plane approximation to the integral (I), i.e.

V4 Ey
D* - D}
~ E 2
= R / / e sin ydyrdo ~ / / dEdo, (8.72)

a=0 =0 70E0

where we have assumed that R siny ~ 2R sin% ~ Ry ~ E and R*do ~ EdEdu,
and E is the surface distance between computation and integration points (truncated
at distance E). Furthermore, by assuming that D varies by the polynomial

E2
D =Dp+ E(DX cos o+ D, sin ac) + > (Dxx cos? o+ Dy, sin 20+ D,, sin’ oc) ,

(8.73)

where all D; and Dj; are horizontal derivatives in the x- and y-directions of D, it
follows from Eq. (8.72) that:

Ey
I~ [Dp(Dxx +Dy,)+2(D? + Dg)} . (8.74)
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The horizontal derivatives of D can be regarded as unknown coefficients in the
surface polynomial representation of Eq. (8.73), and they can thus be determined
by least squares from the (approximately) known values of D of the grid around the
computation point.

It should be noted that the second-order solution above can also be determined
more directly from Eq. (8.73) when replacing 6D by D and expanding the Taylor
series to second-order.

8.5.4 Additive Gravity Corrections

To solve the gravimetric problems of isostasy for finding the Moho parameters, the
gravitational contributions of all known mass-density contrasts within the Earth’s
crust should be modelled and subsequently removed from observed gravity data.
Moreover, inhomogeneous density structures within the mantle lithosphere and
sub-lithosphere mantle (including the core-mantle geometry) will be taken into
consideration, provided that reliable data of the global mantle-density structure are
available. The global correlation of various gravity-field quantities with the Moho
geometry can be investigated to find proper corrections to the gravity data.
A maximum correlation is attained when using the gravity disturbances corrected
for the gravitational contributions of topography and mass-density contrasts of
ocean, ice and sediments (Tenzer et al. 2009; Bagherbandi et al. 2013).

The refined Bouguer gravity disturbances §g® are firstly calculated from the
surface gravity disturbances dg according to the following scheme (Tenzer et al.
2012; Bagherbandi et al. 2013):

5gR = og — (0g' + Jg" + 38" + Jg*), (8.75)

where Jg' is the topographic gravity correction, and dg®, dg' and Jg* are, respec-
tively, the stripping gravity corrections for the ocean (bathymetry), ice and
sediment.

By applying uniform mathematical formalism the gravity corrections of density
contrast within the Earth’s crust, dg’, 6g”, dg' and dg° can be computed. It utilizes
the expression for the gravitational attraction g (defined as a negative radial
derivative of the respective potential V; i.e. g = —dV/0r) generated by an arbitrary
volumetric mass layer with a variable depth and thickness while having laterally
distributed vertical mass-density variations. The topographic, bathymetric, ice,
sediment and consolidated crust coefficients can be generated with a spherical
resolution complete to degree n of spherical harmonics and up to the third-order
terms of a binomial expansion according to Tenzer et al. (2012, 2014). Simply, the
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spherical harmonic analysis for determination of the effects of major known
crustal-density structures are given below:

2
q 3 (pqu)nm + n+2 (pqu) nm
I =
m = nt p, | R 2 R

+ O |, (8.76a)

and
. 1 .
(pqui) = 4—// (density)q(thickness’)anm(Q) do, j=1land2 (8.76b)
nm T

where p? and L, are density and thickness of the layers. Here g denotes either the
topography, bathymetry, ice or sediment. O,,, is the effect of higher-order terms that
can be neglected. Finally, the gravity disturbance corrections are given by:

og? = Ganmf n+1) chmynm (8.77)

The refined isostatic gravity disturbance Jg' is defined as (Tenzer and
Bagherbandi 2012; Sjoberg 2013)

5gi(ra Q) = 5gR(rv Q) +AC(r7 Q)v (878)

where §gR is the refined Bouguer gravity disturbance (i.e. the topography-corrected
and bathymetry-stripped gravity disturbance), and A is the isostatic compensation
attraction.

The global maps of the topographic and crust components (stripping) gravity
corrections and step-wise-corrected gravity disturbances are shown in Fig. 8.20.
The statistics of the corrected gravity disturbances are summarized in Table 8.3.
The GOCO-03S coefficients (Mayer-Guerr et al. 2012) and the parameters of the
GRS-80 normal gravity field (Moritz 2000) were used to compute the gravity
disturbance.

8.5.4.1 Maximum Gravity Signature of the Moho Geometry

In this part, a correlation spectrum analysis of the step-wise corrected (stripped)
gravity disturbance with crustal thickness is presented. The idea is to compile the
gravity-field quantities generated by the Earth’s crustal structures and to investigate
their spatial and spectral characteristics and their correlation with the crustal
geometry in the context of the gravimetric Moho determination. This analysis can
help to find the upper-most degree/resolution of Moho wusing the
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Fig. 8.20 Global maps of the gravity corrections and the step-wise corrected gravity disturbances
computed globally on a 1 x 1 arc-deg grid of surface points with a spectral resolution complete to
degree and order 180 of spherical harmonics. Unit: mGal

isostatic-gravimetric model. For this purpose, the degree variances and cumulative

degree variances of the (step-wise) corrected gravity disturbances are compared.
The degree-correlation coefficients are calculated to assess a spectral harmonic

correlation, for example, between the corrected gravity disturbances and the crustal
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Table 8.3 Statistics of the step-wise corrected gravity disturbances computed globally ona 1 x 1
arc-deg grid of surface points with a spectral resolution complete to degree and order 180 of
spherical harmonics: the GOCEO3S gravity disturbances dg; the topography-corrected gravity
disturbances dg' (=5g — dg"); the topography-corrected and bathymetry-stripped gravity distur-
bances dg™ (=dg — dg' — IgP); the topography-corrected and bathymetry- and ice-stripped gravity
disturbances 3g™ (=0g — dg' — dg® — dg'); the topography-corrected and bathymetry- and
ice- and sediment-stripped gravity disturbances dg"™(=dg — dg' — dg® — dg' — dg*) (including
intermediate values of dg™ “S—after applying the upper-sediment stripping correction to

(5g“’i alnd()‘gtbi uSmS__after applying the upper- and middle-sediment stripping corrections to 5gtbi)
Gravity disturbance Min [mGal] Max [mGal] Mean [mGal] STD [mGal]
og —229 257 -1 30

og' —648 167 =72 107

og® 511 634 260 233

og™ -508 638 285 202

og us —494 664 319 203

gttt uSmS —487 669 330 200

og™s —486 669 331 200

geometry. For a correlation between the gravity disturbances dg and the Moho
depths D, we have:

Ty = Zm (T”m) (D”m) ;
V0 TS (D)

(8.79)

where T,,, and D,,, are the harmonic coefficients of the disturbing disturbances and
Moho depths.

The spectral correlation of the (step-wise) corrected gravity disturbance with the
Moho geometry (up to degree and order 180) is shown in Fig. 8.21. CRUST1.0 is
used for the correlation analysis. The figure shows that all investigated types of the
gravity disturbances comprise the largest gravity correlation at long wavelengths,
while, at higher-frequencies, the correlations almost monotonously attenuate. Except
for the ice-gravity correction, the application of the gravity corrections increases the
correlation at almost the entire investigated gravity spectrum (up to degree and order
180). This spectral behaviour corresponds to the spatial characteristics of the
corrected-gravity disturbances, which ranges of values mostly increase after a sub-
sequent application of each individual gravity correction. The use of the ice-gravity
correction, on the other hand, substantially reduces (in the absolute sense) large
negative values of the gravity disturbances in polar areas of Greenland and
Antarctica. The largest changes in degree variances were caused by applying the
topographic and bathymetric gravity corrections. The application of the topographic
gravity corrections changed the gravity spectrum especially at the long-to-medium
wavelengths up to degree of 60, while changes due to applying the bathymetric
gravity correction are seen up to degree 100 (Tenzer et al. 2014). The maximum
correlation is at the long wavelengths (more than 0.9 below degree 20), while the
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Fig. 8.21 Spectral correlation of the step-wise corrected gravity disturbances with the Moho
geometry (complete to degree and order 180 of spherical harmonics)

Table 8.4 The spatial

s i . Gravity disturbances Correlation with
correlations of the step-wise .
corrected gravity disturbances Solid topography Moho depth
with the solid Earth og —0.01 —0.09
topography and Moho depth og—g' —-0.55 —0.68
(CRUSTL.0) 5g—g' — g ~0.89 -0.95
og—g—gb—g -0.92 -0.97
5g — g‘ — gb — gi —-g —-0.94 -0.97

correlation almost monotonously attenuates with an increasing frequency to less than
0.25 (at degree 180).

The spatial correlation of the step-wise corrected gravity disturbances with the
solid-Earth topography and the Moho geometry is given in Table 8.4. GOCO-03S
gravity disturbances are not significantly correlated with the solid topography
(—0.01), and the correlation with the Moho depth (CRUST1.0) is only —0.09.
Remarkably, the Earth’s gravity field has a slightly higher (absolute) correlation
with the Moho geometry than with the solid topography (Tenzer et al. 2014). This
indicates that, at the investigated gravity spectrum (up to degree 180 of spherical
harmonics), the gravity signatures of crustal- and mantle-density heterogeneities are
more pronounced in the Moho geometry. The higher-frequency spectrum of the
Earth’s gravity field is, on the other hand, dominated by the pattern of the terrain
and ocean floor relief. The application of the topographic and bathymetric gravity
corrections significantly increased the correlation of the gravity disturbances with
the solid topography (—0.89), as well as with the Moho geometry (—0.95).
Application of the additional ice-, sediment- and consolidated-crust gravity
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corrections further increased the correlation of the gravity disturbances to —0.95
(with the solid topography) and —0.98 (with the Moho geometry). These gravity
disturbances thus comprise a maximum gravity signature of the Moho geometry
and show that, up to degree 180, it is enough to determine the Moho depth using
gravity data. However, these gravity disturbances contain also the gravity signal of
unmodelled mantle heterogeneities (including the core-mantle boundary zone;
Peltier (2007); Bagherbandi and Sjoberg (2013)).

8.5.5 The Non-isostatic Effects

The crustal thickness can be determined based on gravimetric-isostatic and seismic
models. Modelling crustal thickness by the former model suffers from some
problems. The isostatic assumption for compensating the topographic potential is
incomplete, as there are other effects which should be considered. It is almost
impossible to distinguish the crustal- and mantle-gravity field and geothermal
modelling without additional data on the crustal structure (e.g. Kaban et al. 2004;
Artiemeva 2006; Artiemeva et al. 2006; Tesauro et al. 2008). In reality, Moho is not
only formed by isostasy, but there are other causes, which affect the
crustal-thickness estimation. Using the isostatic hypothesis for determining the
depth of crust causes some disturbing signals, non-isostatic effects (NIEs), which
influence the crustal thickness determination. There are two types of NIEs:

1. Mass density variations below sea level that are not related with isostasy. This
category includes part of the Moho geometry formed by other processes than
isostasy.

2. Remaining (unknown) mass-density variations in the topography, which were
not considered in forming the refined Bouguer disturbances.

Hence the NIEs are the gravitational effects that are caused by the deviation of
Moho geometry from its isostatic model. Major parts of the long-wavelengths of the
geopotential are caused by density variations in the Earth’s deep mantle and cor-
e/mantle topography variations (Martinec 1994). According to Bagherbandi and
Sjoberg (2013), the isostatic assumption for compensating the topographic potential
is inadequate, and other effects should be considered. Therefore, the assumptions of
Moritz (1990) and Sjoberg (2009) for Vening Meinesz’ inverse problem should be
corrected by this effect. Bagherbandi and Sjoberg (2013) presented the following
method:

1. Determine the potential harmonic coefficient of the NIE by:

NIE __ _Seismic VMM
Com = Cnm “Coum (880)
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where spherical harmonic coefficients ¢/, (i = VMM, Seismic) are given by:

5 e -y, FD(A0F-0D) gy n) (A0 - D),
R + 2R? + 6 R3 ?

(8.81)

and p, ~ 5.5 g/cm’ is the mean density of the Earth’s mass. The spherical harmonic
coefficients of Ap(D; —Dy), Ap(Dj— D7) and Ap(D} — D;) are shown by

(8p(D; = Dv)),,, (Ap(DF—D3)) and (Ap(D} DY)

2. The NIE correction to the Bougure gravity disturbance becomes:

e _ GM A R\"" IE
n=0 r m=—n

Figure 8.22 shows the NIE globally due to the long-wavelength features of the
gravity field. The maximum deviations from isostasy occur at currently active plate
boundaries. Positive NIEs in the upper mantle under the continents are found in
Iceland and East Africa, and in the vicinity of the axes of the mid-ocean ridges,
indicating a compensation mechanism due to thermal and compositional density
(Kaban et al. 2004). The most pronounced negative NIEs in the upper mantle are
found in areas with post-glacial rebound (Fennoscandia and Eastern Canada) and
along the south-west coast line of South America and in West Antarctica. In the
presence of the NIEs, the obtained isostatic gravity anomaly, e.g. from Eq. (8.64a),
is not suitable for determining crustal thickness, and it needs a correction. The pure
isostatic-gravity anomaly should be an isostatic- gravity anomaly due to the
attraction of the crust and its isostatic compensation only, which is our desire in the
ideal VMM model. Comparing the results presented by Kaban et al. (2010) and the
NIE:s (in this study) shows that both techniques for determining mantle gravity field
are consistent.
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8.5.6 Thermal-Pressure Effect Due
to Lithosphere-Mantle Density

Several methods have been proposed for oceanic lithospheric mantle-temperature
calculation and consequently also for the lithosphere thermal-gravity anomaly, for
example, by McKenzie (1978), Parsons and Richter (1980), Bouhifd et al. (1996),
McKenzie et al. (2005), Afonso et al. (2008) and Bai et al. (2014). Thermal isostasy
is the geodynamic process whereby regional variations in the lithospheric thermal
regime cause changes in crustal thickness. The changes result from variations in
rock density in response to thermal expansion. Therefore, the lithospheric mantle
density is not constant, and the density variation should be taken into account for
gravity-inversion studies.

The density of the lithospheric mantle in the thermal regime would be reduced
by the effect of thermal expansion. On the other hand, the density could also be
increased when affected by the pressure-driven compression due to the loading
materials. If the buried depth of the lithospheric mantle unit is z, then its density
could be evaluated by:

P = pO[_a(TZ - TO) +ﬁTz (Pz - PO)]7 (883)

where p, (typically set to 3.3 g/em?) is the lithospheric mantle density at normal
temperature T, (typically set to 273 K) and normal pressure Py (typically set to
101 kPa, the standard atmospheric pressure), « is the thermal expansion coefficient
(we set its value constantly to 3.28 x 103K ~! according to former studies by Bai
et al. (2014) and Chappell and Kusznir (2008)), 8, is the pressure-driven com-

pressibility coefficient relevant to the temperature, 7, and P, are the temperature and
pressure at depth z, respectively.

8.5.6.1 Temperature Field

According to the pure shear model (McKenzie 1978), the temperature at depth
z could be estimated by:

- 2 0 —1 nt1 1 _ 21 o
T.=T, <1u+_z( ) [isinﬂ] exp{ n }Sinnn(a z)))
a T n nmw T a

(8.84)

where T (typically set to 1060 K) is the boundary temperature of lithosphere and
asthenosphere, a (typically set to 125 km; cf. Chappell and Kusznir 2008 and Bai et al.
2014) is the equilibrium lithosphere (plate) thickness, t (typically set to 62.8 Myr;
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Bai et al. 2014) is the lithosphere cooling thermal-decay constant, # is crustal age, y is
lithosphere stretching factor (McKenzie et al. 2005). The oceanic crustal age could be
estimated based on magnetic lineation and the continental crustal age is set constantly
to 300 Ma in this study (see Sect. 8.5.6.4). The lithospheric-stretching factor could be
approximated by the crustal-stretching factor, which is infinite for the oceanic
lithosphere (Chappell and Kusznir 2008). The initial values of continental
crustal-stretching factors, which are needed for thermal modelling, are based on
crustal thickness mapped by gravity inversion. The initial crustal thickness is con-
sidered without thermal-expansion and pressure-compression effects, and these
effects can be calculated iteratively.

8.5.6.2 Pressure-Driven Compressibility Coefficient

The bulk modulus (K7) could be simulated by a function of temperature, 7, given
by (Kroll et al. 2012) as:

Kr = 127.97 — 0.0232 x (T — 300), (8.85)

and its inverse is the pressure-driven compressibility coefficient (8, ):

B, =1/Kr. (8.86)

8.5.6.3 Pressure Field

The hydrostatic pressure at depth z could be calculated based on the definition of
lithospheric pressure P, as (Afonso et al. 2008):

Z

PZ:/p(z’)dz'. (8.87)

0

In the space domain, the gravity disturbance at point P on the sphere of the Earth
due to thermal and pressure effects could be calculated by:

3¢™E(P) = G // /R %d?‘d& (8.88)

where p_ is given by Eq. (8.83). This implies that both corrections 5g"’* and 5g’*
should be added as corrections to the isostatic gravity- disturbance (dg'), yielding
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the (theoretically) pure isostatic gravity disturbance equation for Moho determi-
nation (see the application of 6g"* and 6g’ in Fig. 8.23):

0g' (P) = 6g"(P) 4 6g"E(P) + 6g™ (P) +Ac(P) = 0. (8.89)

8.5.6.4 Global and Regional Crustal Thicknesses

Figure 8.23 shows the global crustal thicknesses estimated from the VMM model
after correction for the NIE and thermal effects. In most areas, one observes a
significant improvement by adding the corrections. For example, considerable
improvements can be seen in the areas with post-glacial rebound (such as
Fennoscandia and Hudson Bay in Canada). In areas with existing huge ice masses,
e.g. Antarctica and Greenland, the estimates of crustal thickness are also improved.
The details in Fennoscandia and South America can be seen in the sub-figures.
These areas are selected because (a) in Fennoscandia, the seismic Moho strongly

Crustal thickness based on VMM in Fennoscandia Crustal thickness based on VMM in South America

" & am

Fig. 8.23 Crustal thickness based on VMM model after stripping gravity corrections due to the
topographic, ocean (bathymetry), ice and sediments and non-isostatic and thermal effects with a
resolution of 1 x 1 arc-degree. Unit: km
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deviates from the gravimetric one, and the area contains a significant non-isostatic
effect by GIA, which complicates the estimation of the crustal thickness by the
isostatic modelling technique, and (b) in South America, there are huge topographic
masses in Peru and Chile that abruptly change to a deep ocean trench to the west.
For this purpose, the following parameters and models are considered. The
thermal-pressure correction is calculated using the oceanic crustal-age grid (Miiller
et al. 2008; Seton et al. 2012), solid-earth topographic heights from ETOPOI1 data,
total sediment thickness of the world’s oceans and marginal seas by Divins (2003)
and the global sediment-thickness grid onshore by Dziewonski and Anderson
(1981); the bathymetry- and sediment-thickness grids are used for Moho surface
estimation. The parameter z is assumed to be the depth between Moho to 125 km
(bottom of the lithosphere) in Eqs. (8.83) and (8.84). This also means that the
temperature and density are determined for a part of the mantle (deeper than Moho,
but shallower than 125 km). Here Moho depth should be calculated iteratively. The
initial value for Moho is based on gravity inversion without considering thermal
and pressure effects. Therefore, based on this value, the mantle temperature and
density could be modelled, and then a new Moho depth can be obtained by taking
thermal and pressure effects into consideration. This process should be performed
interactively to determine the final Moho geometry.

8.5.6.5 Crustal Thickness in Fennoscandia

The Moho map in Fennoscandia shows that the deepest Moho boundaries are in
Finland and in the Baltic Sea, which can be revealed in a geological map. The
maximum Moho depressions beneath the Gulf of Bothnia (55.3 km) and Southern
Finland (55.1 km) are clearly observed in the gravimetric-isostatic model and reach
to the depths of 4.8 km deeper and 3 km more shallow than seen in the CRUST1.0.
The eastward deepening from the Norwegian coast to Sweden and then into the
Baltic Sea and Finland is also observed.

According to the geological map in Fennoscandia, shown in Fig. 8.24a, various
types of geological provinces (units) can be observed. A zone of high-density
values can be seen along the boundary between Sweden and Norway, where the
bulk part of the Scandinavian Mountain Chain (the Scandes) is located. This zone is
believed to be a lithospheric transition zone discussed in previous studies (e.g.
Medhus et al. 2012; Gradmann et al. 2013). The zone is located between the lower
and upper mantle. A major unit located both within and to the east of Fennoscandia
is the Trans-Scandinavian Igneous Belt (TIB), which is an outstanding feature that
has an important influence on the gravity field due to its generally low density in the
shallow crust (Henkel and Eriksson 1987; Maupin et al. 2013). By dividing the
mass of each block into the crustal root times Ap (pH/(Apt;)), the compensation-
ratio will be achieved. The ratio is probably introduced by the transition zone in
Fennoscandia. We believe that the compensation-ratio reflects the density variation
in the upper mantle, and the masses above sea level can probably be a good
indicator of such transition zones and should be tested in some other study areas.
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Fig. 8.24 a Simplified geological map of Fennoscandia after Gorbatchev (2004) and Maupin
et al. (2013). TIB is a commonly used acronym for “Transscandinavian Igneous Belt”, and b main
geological provinces of South America (after Chulick et al. 2013; Gurbanov and Mooney 2012)

A correlation between the compensation ratio and geological province can be seen
at the boundary between Norway and Sweden (especially in the Caledonides zone).
The compensation-ratios denote the strengths of the various crustal units as the
lower ratio corresponding to the stronger geological unit. According to Prasanna
et al. (2014), the strength of every geological unit is a function of its lithology (that
is, density) and thermal state, which correspond to the lithological properties of the
various crustal plates. The compensation-ratio is close to zero in the oldest parts of
the Baltic Shield, where the lowest heat-flow rates are observed (Bungum et al.
1980).

An alternative comparison can be performed between the VMM model and the
point-wise seismic Moho depth data compiled by Luosto (1991) in Fennoscandia
(see Fig. 8.25). Luosto’s data was compiled in 308 points in the Fennoscandian
shield. A comprehensive review of the seismic data collected in Fennoscandia has
been presented by Luosto (1997). He presented the main models of seismic profiles
covering Fennoscandia from the south to the north (Eken et al. 2008). The results of
those studies indicate that the Moho deepens towards the centre of Fennoscandia,
although there is no apparent corresponding topographical signature. Other inter-
pretations of the Moho depth in Fennoscandia, such as tectonic implications, were
discussed by Korja (1995), Korja et al. (1993) and Luosto (1997). The differences
between the results of Luosto (1997) and VMM vary from —12.5 to 10.4 km with a
mean value of 0.5 km and RMS of 4.7 km. The differences are less than 3 km in
67% of points (also 83% less than 5 km). The thickest crust can be observed in the
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Fig. 8.25 Difference between crustal thicknesses obtained from seismic data compiled by Luosto
(1997) and the VMM model after stripping gravity corrections. Red/blue arrows show
positive/negative differences (see the scale in the upper left corner). Unit: km

Gulf of Bothnia and south of Finland, where the maximum differences between the
two models occurs along a line between Soderhamn (in Sweden), Pori, Tampare
and Mikkeli (in Finland). Northern Fennoscandia shows a rather uniform crustal
thickness of around 4045 km, which agrees well with the average profiling results
in Fennoscandia. These results are comparable with the results presented by
Bungum et al. (1980). There is complete compensation in the mountainous area
located in the south-western part of Norway (based on both Airy and Pratt models).
A similar situation can be observed in the areas with no topography (or less
topography), where deep Moho exist, e.g. in the Gulf of Bothnia and south of
Finland (meaning that variable-density contrast plays more of a role).

8.5.6.6 Crustal Thickness in South America

Figure 8.23 (top-right) depicts the crustal thickness of South America estimated by
the VMM method. The figure shows thicker crust (more than 50 km) along the
Andes and thinner crust west of the Andes’ thick craton. The average crustal
thickness of the South American continent is 43.5 km, which is comparable with
the 45.7 km presented by Chulick et al. (2013). The corresponding Moho depths of
the CRUST1.0 for this area varies between 9 and 69 km, with an average and
standard deviation of 22 and 13 km, respectively. The RMS of these differences
between the VMM and CRUST1.0 Moho depths and point-wise seismic refraction
data (in the Andes) are of the order of 4.7/4.5 km and of 2.8/4.2 km before and after
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applying the thermal correction, respectively. The result shows that the VMM
model works well and can be complementary data for seismic models.

Figure 8.24b depicts the main geological provinces of South America, illus-
trating the large sediment basins in the Argentine Basin and East Venezuela Basin
(Shelf). The minimum sediment layers are located in old cratons such as the
Guyana, Brazilian Shields and Luis Alves cratons (2.5-3.8 Ga age) and belong to
Archaean time. They are the old and stable part of the continental lithosphere that
are generally found in the interiors of tectonic plates, characteristically composed of
ancient crystalline basement rock, which may be covered by younger sedimentary
rock. Also, these regions are different from the cratons, being more geologically
active and unstable. Two other significant sediment basins are observed: Famatinian
Orogen and Amazonas Basin. Generally, Precambrian South America is predom-
inantly Proterozoic in age (Cordani and Sato 1999), and has suffered from several
phases of continental collision and subsequent breakup (Lloyd et al. 2010). The
contribution of the NIEs (the effect of mantle and lower-mass layers) on the gravity
data are large, varying between —488 and 290 mGal and with a standard deviation
of 107 mGal. Understanding the non-isostatic processes defining the mantle activity
and the current state of cratons are key issues for unravelling the Earth’s interior.
The gravity field of the mantle and lower-located masses offers a starting point for
numerical modelling of deep-Earth structures and the main tool to investigate the
structure of the mantle (Tesauro et al. 2008). In order to investigate the reasons for
significant NIE values, Fig. 8.24 can be considered as a reference model for
comparison with the estimated NIEs in Fig. 8.26.

The comparison shows that the significant NIE values are observed in mid-ocean
ridges and transform faults in the north-east and south-west of the study region (in
the Atlantic and Pacific Oceans). In the mid-oceans, the magma is rising from a
chamber below, forming new ocean ridges, which spread away from the ridge.
Therefore, the density of the crust is higher than the other parts, indicating that the
gravity field of the mantle dominates. The second largest NIE in South America can
be found in Andean Province, where there is Paleozoic structures of the age of

Fig. 8.26 Non-isostatic
effects after removing thermal
compensation from gravity
disturbance. Unit: mGal
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250-400 Ma. Franz et al. (2006) studied the evolution of the continental crust at the
central Andes. Their studies show that the growth of the continental crust is closely
linked to the phenomenon of subduction (still an ongoing process), and active
continental margins (Franz et al. 2006). Therefore, the NIEs can also be used to study
this phenomenon in geodynamics and in the behaviour of entire geological systems.
Generally, the positive NIE values are in the oceans and the negative ones in con-
tinental areas. Hence, without considering the NIEs, there is over-compensation in
the Andes region, but these effects help in reaching the isostatic balance.

8.5.7 Combined Moho Determination

In most of isostatic hypotheses, one of the Moho parameters, Moho depth or Moho
density contrast (MDC), is constant. However, assuming constant MDC or Moho
depth is not correct. One of the solutions that can be used in both gravimetric-
isostatic and seismic crustal-thickness models is a combined least-squares adjust-
ment of the two parameters (Sjoberg and Bagherbandi 2011). If we assume that the
density contrast is variable, Eq. (8.65a) becomes:

:R/ ApK (Y, s)do, (8.90)

where:
b(P) = —[6g" +Aco] /G. (8.91)

The left hand-side can be expanded as a Taylor series (limited to second order of

1 = D/R; Sjéberg 2009):
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=0
(8.92)

and, in view of Eq. (8.90) and the spherical harmonic series of b, one thus obtains
the spectral equation:

4n(n+1) 2n+1

2I’l—|—1 H :b"m7 or [] :m nms (893)



306 8 Gravity Inversion

where the bracket is the same as in Eq. (8.92). By summing up the spectral solu-
tions ApD, we thus obtain from the last term of Eq. (8.93):

; 2I’l—|—1 n+2(ApD2)nm

n=0 m=—n

which can also be written in a closed form as (Sjoberg 2009):

DA
App ~ 219 // Hy ( P)p
TCDP DP R

// (ApD?),—(ApD?), Py
327rRTp sd(y/2)

(8.95)

where

P, (cosy) = cosec(/2) + In[1 + cosec(y/2)]. (8.96)
=0

Here, the first two terms of Eq. (8.95) stem from the first term on the right
hand-side of Eq. (8.94). With reference to Heiskanen and Moritz (1967, Sect. 1-
18), the last term of Eq. (8.94) yields the integral plus the term ahead of it in
Eq. (8.95). Equation (8.95) lends itself to iteration of the density contrast for known
Moho depths. Unfortunately, the last integral of the equation has a singularity. To
eliminate its influence, the near-zone integration area can be approximated by a
plane. The last integral of Eq. (8.95) should only be significant in the near-zone of
the computation point. Hence, by introducing the notations u = D*Ap and up =
(D*Ap) p and following the derivations of Heiskanen and Moritz (1967, pp. 121-
122), it can be approximated by the plane integral, truncated to the polar distance Ey
from the computation point P similar to Eq. (8.72):

| 27 Ey
u —
I ~— E E 97
4n/ / 0 BdEdn, (8.97a)
=0 E=0

where (E,o) are the polar distance (truncated at distance E;) and azimuth.
Representing u by the truncated Taylor series

2
- . 2 . .2
u ~ up+ Euycos o+ Euysin o+ — (14xx COS” 0 + 2ty sin o0 €OS 0t + Uy sin” 01),

(8.97b)
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Equation (8.97a) becomes:

I~ % (e + 1yy). (8.97¢)

The horizontal derivatives of u in Eq. (8.97c) can be determined in a
least-squares adjustment from preliminary observations of u in a grid around P.

8.5.7.1 Approximate Solution by Spherical Harmonics

If the left hand-side of Eq. (8.94) is also expanded as a series in spherical har-
monics, we arrive at the spectral equation:

2n+1 +n+2(ApD2)

————bum 8.98
(n+1)4n 2R (8.98)

(ApD),,,=

nm’

As the last term of this equation is much smaller than the remaining terms, we
may approximate (ApD?) by Do(ApD), . and we obtain from Eq. (8.98):

nm nm’

2D, 2 1
_n—|— _0) _ 2n+ (8.99)

A D 1 ~ 1\ Ynmy
(A )"m( 2 R) Zan(nt)

with the solution for Ap:

R A, P |
App 3 Y L Yu(P), (8.100a)

— nt2Dy Pnmtnm
4nDn:0m:7n n+11 2 R

or

I & G 2n+1 D, 1
App = nt (1 =0

| bunYum(P
Dr 2 2 ut +Rni2_%}> i Ym (P)

bp 1 mz Z ( 1 Do/R ) bunYon(P).

~ 2rDp  4nDp n+1 2/(n+2)—Dy/R

n=0 m=—n

(8.100b)

Hence, if Dp is known, the MDC can be estimated from the spectrum of bp.
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8.5.7.2 Estimating Moho Depth and Moho Density Contrast
Simultaneously

To solve for both density contrast Ap and Moho depth D, with independent
(a priori) estimates, d and x of those parameters can be formulated as an adjustment
by elements. Then the system of linearized observation equations becomes:

AX=L—¢, (8.101a)
where
1 I, —dk
A= (1) (1) . X= [fl’i] and L= i:; (8.101b)
0 1 L

where [y, I, I3 and I, are the observations, provided as preliminary estimates of
DAp, Ap, D and Ap, respectively. [ and [, are obtained from gravity data and I3
and /4 from seismic data. Here dD and dx are the corrections to the a priori
estimates of D and Ap. The least-squares solution of this system becomes:

X = (A"Q'A)'ATQ L, (8.102)
with the covariance matrix:

Qxx = o2 (ATQ'A) 7, (8.103)

where matrix Q is the covariance matrix of the observations. Using the error
propagation law to estimate the full covariance matrix becomes:

o7 oi/d 0 0
Q- oi/d a5 0O O

0 0 O'% 034 ’

0 0 034 O'i

(8.104)

where ¢; and o3 are the standard errors of DAp and D, respectively,
03 = 0} /d* + a3 (DAp) / d*, 04 is the standard error of Ap. 634 is the covariance between

I3 and 4 (as D and Ap are obtained from the seismic data). The term DAp and its
standard error () are estimated by Eq. (8.94) (Sjoberg and Bagherbandi 2011) so:

7 \? 7 \?
Toap (4nG) N,fmaﬁm—i-Z(R) S S NewNuGumas  (8:105)

n,m nm kl#nm
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The variance of unit weight (c3) for two degrees of freedom can now be esti-
mated by:

s = , (8.106)
Finally the least-squares solution for the Moho depth and the MDC becomes:
D =D+dD, (8.107)
and
Ap = Ap+dAp, (8.108)

where dD and dAj are the estimated improvements in Eq. (8.102) to D and Ap,
which are a priori values of the Moho depth and Moho density contrast.

The numerical application of the method that follows next is limited to only
three observations, i.e. observation Iy is not included. Here the approximate value
for D (d) is set to 35 (13) km in continental (oceanic) areas, respectively.
The approximate value (x) of the MDC is set to 400 and 250 kg/m® in continental
and oceanic regions, respectively. The observation vector L is composed of the
observations [; = DAp as determined by Eq. (8.94), I, = Ap, given by
Eq. (8.100a), and I3 = D, given by the model CRUST1.0. The covariance matrix
Q in Eq. (8.104) needs a full covariance matrix, as there is a significant correlation
between /; and /. This is because /; and [, are estimated from the same data
(namely the estimated Bouguer gravity disturbance). Another important assumption
in our numerical study is related to the standard error of D. As the CRUSTI1.0
model is not provided with a standard error model, we follow Cadek and Martinec
(1991) who assume 20% (6 km) and 10% (3 km) of the mean Moho depth as the
standard error (03) of the Moho depth in continental and oceanic regions, respec-
tively. The result can be seen in Table 8.5.

Table 8.5 Statistics of global estimates of the MDC and Moho depth estimated by least-squares
adjustment for 1° x 1° block data

Unit Quantities Max. Mean Min. STD RMS
kg/m® Ap 610 329.7 19.9 91.5

dAp 233.2 8.6 -311.6 58.6

Ap 636.6 321.1 21 104.7

Cap 270.8 44.7 0 343
km D 74.8 22.8 74 12.3

db 19.1 -0.9 —40.9 4.7

D 85.9 23.8 6.2 14.1

() 15.5 2.9 0.01 2.1

D — pDCRUSTLO 40.9 0.9 -19.1 4.7 4.8
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Fig. 8.27 Estimated MDC determined by combined model. Unit: kg/m®

Figures 8.27 and 8.28 map the estimated MDC and combined Moho depth.
Figure 8.27 shows that the maximum value (636 kg / m?) is in Tibet, and the
minimum (around 21-200 kg/m?) are located at ocean ridges (Atlantic and Pacific
ridges). The standard error varies (Cp;) between 0 and 270 kg / m? with a global
average of 44 kg / m?, with the largest values in ocean ridges. The oceanic ridges are
special areas due to the presence of hot spots and light materials very close to the
solid-Earth topography, as well as the thinning of the oceanic crust, modifying the
normal MDC between the crust and the mantle. Hence, it is natural to obtain large
densities from the MDC in those areas. Assuming a normal mantle density value of
3270 kg/m?, the MDC far from the axis of the ridge would be about 200 kg /m?
(3200-3000 kg / m?), and in our study, the estimated MDCs in ocean areas are close
to this value. As one moves towards the axis of the ridge, the oceanic crust is
increasingly replaced by low-density mantle (partially melted material), with the
density values ranging from about 3050-3200 kg / m>. This case is just over the
ridge, where the oceanic crust disappears, and thus the crust-mantle boundary is
cropping out (appearing or being exposed at the solid surface of the Earth) at the
ocean bottom. Thus, in such an area, it is not meaningful to determine the
crust-mantle density contrast, because the oceanic crust has disappeared.

Crustal thickness
= T v, f

Fig. 8.28 Estimated Moho depth by combined model. Unit: km
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For evaluating the estimated MDC, the mean values derived by CRUSTI.0,
CRUST2.0 (Laske et al. 2000) and PREM (Dziewonski and Andersson 1981)
models are used. According to these comparisons, one can see that the global
average of 321 kg / m? estimated by the least-squares adjustment is 3% smaller than
the 330 kg/m? derived by the CRUST1.0 model, 20% smaller than the 400 kg /m?
derived by the CRUST2.0 model, and it is 34% smaller than the 480 kg / m? derived
by the PREM model. One reason for the large discrepancy between the estimates
for Ap and those by the PREM and CRUST2.0 models could be due to the
improvements in the sediments layers in the CRUST1.0 model with respect to the
CRUST2.0 and the PREM models.

8.5.8 Moho Recovery Using Gravitational Gradient Data

Over the years, various methods for estimating the Moho depth have been pro-
posed, which have been discussed in this chapter. In this section, the purpose is to
use gravitational gradient data for estimating the Moho depth instead of the gravity
anomaly/disturbance. The major benefit of the gravitational gradient data to surface
gravity is its ability to provide precise and uniform global-data coverage. The
gravity-gradient data from GOCE mission were used for the regional and global
Moho recovery, for instance, by Sampietro (2009), Bagherbandi (2011), Reguzzoni
and Sampietro (2012), Reguzzoni et al. (2013) and Sampietro et al. (2013).
Sampietro (2009) studied the problem of recovering the Moho depth from the
GOCE data in a simulation study. He considered a local inversion of the satellite
gravity-gradiometry (SGG) data by simulating a Moho surface and generating the
SGG data based on that. Planar approximations were used in the formulation, and
the problems of spatial truncation error of the integral formulas and the behaviour of
their kernels were not considered. Sampietro’s (ibid) idea is similar to the inves-
tigation of Prutkin and Saleh (2009), where they used gravity and magnetic data to
invert the Moho discontinuity. Bagherbandi (2011) studied a Moho model obtained
from the Vening Meinesz-Moritz (VMM) model and the simulated gravitational
gradient data by EGM2008 (Pavlis et al. 2008) in the presence of a white noise of
10 mE (1 mE = 0.0001 mGal/km). The overall goal of this section is to study and
evaluate the possibility of using gravitational-gradient data directly for estimating
the Moho depth. As follows from the overview of isostatic schemes in this chapter,
the VMM isostatic model better approximates the reality by assuming a
regional/global isostatic mechanism. In this way, the VMM isostatic gravity data
provide more realistic representation of the Earth’s inner structure than those based
on classical isostatic schemes. Following this principle, the VMM isostatic problem
is formulated to find the Moho depth from vertical gravitational gradients. To treat
the satellite gradiometry data means first to convert the gravitational gradients to
gravity disturbances close to the Earth surface, and then correcting the data by using
additive gravity corrections (see Sect. 8.5.4).
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8.5.8.1 First-Order Moho Depth from Vertical-Vertical Data T,

From Eq. (8.69), it holds that the Moho depth to first-order approximation is:

KZZH Lse?, (8.109)

where K = —1/(GAp) and dg® is the Bouguer gravity disturbance.
Considering also Egs. (3.68a, 3.68b) with T8 being the Bouguer disturbance
potential gradient:

b on (T, // M,
dg fRZn:n_’_ = Zn+2 NTEdo, (8.110)

one arrives at the series solution

> 2n+1 1
— KR Yo, 8.111
2wy 2 (T (®.111)

and the integral solution

:@//M(w)TﬁdG (8.112)
s
with
= 2n+1 > 9
’Z n+1) n—|—2 ;[ n+2]Pn(t), (8.113)

or (see Egs. 8.116a—d for s=1)

M(y) = \/zli_zt +9(1 — /2 —z)) +(1 —9t)ln{l+\/2(l /0 —z)}

(8.114)
M) =9(1 —20)+2v '+ (1 —9r)In(14+v7 1), (8.115)

where v = sin(y//2).
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Referring to Bois (1961), the following formulas can be derived for 0 <s <1

when using the notations L(x) = /(1 — 2xt+x?) and L(s) = L:

0]

Sy = ;S"Pn(t) =1/L (8.116a)

s

Sz=n§oj:1%Pn(t) :jgxll_lpn(t)ds:/(xLl(x)_§>dx (8.116b)

0
— —[In2(1 —xt+ L))’ _y= —In(1 — st+L)/2

00 Sn+l o / dx s
S3 = Zilpn(t) = \/Z-Xﬂpn(t)dx = /f = [IHZ()C_ t+L(X))}5:O
n:0n+ J o 0 (X)
s—t+L
R —
(8.116¢)
and
00 sn+2 . S 1 / X
Sy = Zn+2Pn(t) = [ > Py (t)dx = mds
n=0 0 n=0 0 (8116(1)

‘ —t+L
=[L(x)+tIn2(x — 1+ L(x))],_y= L — L+11n> 1_J; :

Setting s=1 these formulas are applied in deriving Eqgs. (8.114), (8.115) and
(8.122b).
8.5.8.2 First-Order Solution to Moho Depth from Gravity-Gradient

Horizontal Data

The gravity disturbance can be determined from the horizontal components of
gravity gradients Gpg as follows (see Eqs. 3.77):

N R
dgp = den(P) = 5// F(¥)Gordag, (8.117a)
n=0
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where

= 2n+1
(1), 8.117b
nzzn(n-l-l ( )

Here the prime means the derivative w.r.t. ¥, and, as t = cos 1, it follows that
dt/dy = — siny. Furthermore:

Gro = (T)geos o + (Ty) psin el (8.119)
o being the azimuth from Q to P. Using Eq. (8.117a) for the Bouguer gravity

disturbance and inserting it into Eq. (8.109) lead to the first-order solution to Moho
depth of:

R / B
D1 :4nGAp//F(lp)GQPdO'Q, (8120&)
4

where the kernel function becomes:

(2
Z ntl . (8.120b)

n—=.

From Abramowitz and Stegun (1964, p. 334) and Sjoberg (1975, p. 23) it
follows that:

d I nnr+l)

a0 = =

so that, after a few manipulations, the kernel function in Eq. (8.120a) can be written as:

_<r+ %Pz(t)> + il (wlrz - %)Pn(t)l, (8.122a)

or, in a closed form when considering Eqgs. (8.116b and 8.116d),

[Pos1(£) — Py (1)), (8.121)

1
1 -7

F'(y) =

F'(y) = ﬁ { (% +1+ %Pz(f)> +2v+tn(14+v") —In(v+ vz)}

(8.122b)
where v = sin(y//2).
In order to see the ability of gravitational gradients to recover Moho geometry,

the following global numerical study is presented. The values of the vertical
gravitational gradient were generated using the GOCO-03S coefficients
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(Mayer-Gtirr et al. 2012), complete to a spherical harmonic degree of 180. This
spectral resolution is compatible with the 1 x 1 arc-deg data resolution of the
CRUST1.0 global-crustal model (Laske et al. 2013). The topographic, bathymetry,
ice, sediment and non-isostatic corrections (forward modelling) to gravitational
gradients were computed according to Sects. 3.3.8 and 8.5.4. Mathematical
expressions for the second-order partial derivatives of the gravitational potential
depend on the frame of their definitions. The results of forward modelling are
presented in Fig. 8.29, and their statistics are summarized in Tables 8.6 and 8.7.

Gravitational Gradient

(b)

Fig. 8.29 a Disturbing gravitational gradient 7,, (vertical-vertical component), b topography,
¢ bathymetry, d ice, e sediments, f non-isostatic effects (NIE) gravitational gradients and
g disturbing gravitational gradient corrected for the effects of topography, bathymetry, ice,
sediment and non-isostatic effect (tbisn). Unit: E6tvos
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(d) i Ice Gravitational Gradient

Fig. 8.29 (continued)

According to Fig. (8.29a), the disturbing gravitational gradient 7,,, see also
Eq. (3.68b), corresponds: (a) to all external masses above the reference ellipsoid
GRS80 and (b) to all mass density anomalies within the reference ellipsoid taken
relatively to the adopted constant (mean) mass density (so-called mass-density
contrasts). Gravitational gradients generated by the homogenous topographic
masses are shown in Fig. (8.29b) and by the continental ice masses as presented in
Fig. (8.29d). Gravitational gradients generated the mass-density contrasts within
bathymetry as plotted in Fig. (8.29¢), and, within the sediment layers and the NIEs,
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Fig. 8.29 (continued)

Table 8.6 Statistics of gravitational gradient 7,,, the topography-corrected gravitational gradient
T! , the topography-corrected and bathymetry-stripped gravitational gradient 7%, the topography-
corrected and bathymetry- and ice-stripped gravitational gradient T%', the topography-corrected and
bathymetry- and ice- and sediments-stripped gravitational gradient 72, the topography-corrected

and bathymetry- and ice- sediments and non-isostatic effect (NIE) stripped gravitational gradient
T STD = standard devaition

Gravitational gradients Max. Mean Min. STD
T 1.6 0.0 -1.5 0.24
T, 1.1 -0.3 —6.0 0.97
T 4.6 0.6 —6.1 1.95
T 4.6 0.7 —6.1 1.67
T 4.7 0.8 -6.2 1.73
Tbisn 39 0.5 —8.6 1.52

Unit: E6tvos

Table 8.7 lStatizt.ics of Gravitational gradients |Max. |Mean |Min. |STD
gravitational gradients — —

generated by topography, Topography 1.2 0.3 6.0 0.98
bathymetry, ice, sediments Bathymetry 4.6 0.9 —2.0 137
and non-isostatic effects Ice 3.0 0.1 —-0.7 0.51
(NIE) (vertical-vertical Sediment 17 014 | 05 o031
component) NIE 32 |-035 |36 |071

Unit: E6tvos

are shown in Fig. (8.29e—f). Numerical values of all gravitational gradients are
given in Eétvés= 107 s~2. For example, the large negative values show subduction
zones and the large positive ones are under orogen areas in Tibet.
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Fig. 8.30 Moho depth obtained from the disturbing gravitational gradient 7},. Unit: km

Table 8.8 Statistics of the VMM-Moho solution (shown in Fig. 8.30) computed using
gravitational gradients

Quantities Max. Mean Min. STD RMS
Moho depth using gravity gradients (D) 66.5 239 2.0 11.87
CRUSTI1.0 74.8 229 74 12.4

D, — CRUST1.0 20.7 -1.0 -16.9 3.7 3.8
Unit: km

The vertical gradient of the crust and non-isostatic stripped disturbing gravita-
tional gradients (T;f"m) varies globally between —8.6 E and 3.9 E (Table 8.6) at the
altitude of 250 km above Earth’s surface (satellite elevation). These data were used
to compute the global Moho solutions based on solving the VMM problem by
Eq. (8.111). The global Moho map is shown in Fig. 8.30, and statistics of the results
are summarized in Table 8.8. The maximum Moho deepening is under the orogens
of the Himalaya, the Andes and Tibet, while the minimum Moho depths are beneath
mostly the oceanic areas. When checking the computed results, it is clear that the
largest spatial variations of these refined gradient data (Fig. 8.29g) closely agree
with the largest Moho variations (Fig. 8.30) along continental margins and geo-
logical boundaries between large orogens and continental basins. Over oceans, the
locations of hotspots and mid oceanic ridges can also be recognized on the map of
gravity gradient. To validate gravimetric results we compare with CRUST1.0
seismic model (Laske et al. 2013). The comparison reveals that the obtained Moho
depth is systematically biased with respect to the CRUST1.0 model, implying that
the mean Moho depth difference (D; — CRUST1.0) is —1 km, and the RMS dif-
ference is 3.8 km.
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8.6 Tectonic Stress in the Mantle

The link between tectonics and mantle convection is one of the oldest and most
challenging problems in the history of geodynamics. According to Runcorn (1967),
flow in the Earth’s mantle is inferred from continental drift. The original theories of
mantle convection were put forward by Holmes (1931). He defined a hypothesis,
which shows the existence of mantle convection. The physics behind the hypothesis
of continental drift as articulated by Wegener (1912, 1924) was explained in the
1960s under the new name plate tectonics as driven by mantle convection, that
gives rise to phenomena like sea-floor spreading at mid-ocean ridges, deep-sea
trenches and transform faults (e.g. McKenzie and Parker 1967; Le Pichon 1968).
The role of plate rheology is important to understand lithospheric stress caused by
mantle convection. Tectonics is related to the processes that control the structure
and properties of the Earth’s crust. Mantle convection is the fundamental engine in
Earth’s dynamics. The relationship between tectonics and convection in the mantle
is still debated, but new information from seismic tomography and modelling
capacities promises to provide more insight in the near future.

‘When hot material from the Earth’s interior rises, cold material sinks and the
induced flow governs plate tectonics and volcanic activity. Earth and other planets,
such as Venus and Mars, retain some heat at depth from their formation, so that
their surfaces are cold relative to their hotter interiors (Bercovici 2010). The theory
of continental drift has been developed and completed to plate tectonics in the
1960s, e.g. by Runcorn (1962a, b). Convection is also a fundamentally important
process that controls much of the dynamics of the Earth’s atmospheric, oceanic,
mantle and outer-core systems. The study of the theory of mantle convection is
important for many applications, e.g. plate velocities, sea-floor subsidence, vol-
canism, gravity change, stress in the mantle, glacial isostatic adjustment, etc.
Figure 8.31 shows the Earth’s structure (crust, mantle and outer core) and mantle
convection. Upwelling melted- mantle material reaching the Earth’s surface
undergoes and this melt reaches the surface in various types of volcanic settings: at
mid-ocean ridges, where tectonic plates spread apart and draw mantle up into the
opening gap, at plate boundaries and ocean-islands or hotspots, which are

Fig. 8.31 The Earth’s
structure and mantle
convection (provenance
unknown)
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anomalously productive and localized volcanic features and stresses, not neces-
sarily associated with tectonic activity (Hawaii, Iceland and the East-African Rift
being the most conspicuous examples of such a feature).

In order to gain a better understanding of crustal and lithospheric deformation
and seismicity, stress modelling in the lithosphere caused by mantle convection is
necessary (Becker and O’Connell 2001). The property of Earth’s rheology called
viscosity, i.e. resistance to flow, is the most crucial parameter to model tectonics
and stresses in the mantle (see Sect. 8.8). There are various types of viscosity
defined in slightly different ways (Davies 1999). The mantle-flow distribution may
be obtained from the pattern of zones of compression and tension in the Earth’s
crust and also from the low harmonics of the geopotential (Runcorn 1967).

8.6.1 Stress

When tectonic plates move toward each other, they exert a force on the body mass,
which is called stress. Tectonic stress is defined as the amount of force per unit area
that acts on a mass as the Earth’s lithosphere moves. The force, or stress, across a
plate depends on the direction of motion of the plate. Mathematically, Cauchy’s
stress tensor on a surface element of the mass is defined by the stress vector

OF
t= lim —,
oP—0 5P

(8.123)

where r denotes the normal to the surface element force JF acting on a surface
element P (see Fig. 8.32).

Cauchy’s law explains that there is a stress tensor S, which maps n to a surface
P to the traction vector acting on that surface:

t=Sn (8.124a)
Hence, the components of full stress vector can be written:

ty = onng+0opny + 01313
) = Oy1n1 + 02Ny + 02313 (81241))

13 = 03111 + 0321 + 033013,
where:
g1 012 013

S=|ou on ox|, (8.124c)
031 0n 03
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Fig. 8.32 Stress acting on a
small part of a body mass

and

n=[m n n3l. (8.124d)

The following characteristics can be mentioned for the stress tensor:

Nine components of which six are independent (because ¢;; = gj;),

Stress values which depend on orientation relative to a set of reference axes,
Six of the nine components become zero in a particular orientation,

The diagonal components are the normal stresses acting on a surface element
normal to the coordinate axes, while the other components represent shear
stresses acting on the surface elements.

The stress components could be written in a Cartesian coordinate system using
three arbitrary base vectors ?,fand K as:

I, = axx?—&— axyf—l— JXZE
k (8.125)

ty = Oyl + Oyyj + 0y

I, = Oyui+ az)J + ok

The stress vector and its components are expressed in units of Pascal
(Pa) = N/m>.

8.6.2 Different Kinds of Stress

The acting force on a surface could be uniform, implying that the force acts equally
in all directions, or differential, implying stress that acts with different magnitudes
in different directions. In geoscience, there are usually three types of stress: com-
pression, tension and shear stress (Fig. 8.33):

e Compression is the type of stress that squeezes and compacts a body of rock. It
commonly reduces the amount of space that rock occupies, and pushes rocks
higher up or deeper down into the crust. Compressive stress happens at
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Compression stress Tension stress Shear stress

o RV

Deformation

Faulting

Thrust fault Normal fault Strike-slip fault

Fig. 8.33 Different types of stress acting on a surface

convergent plate boundaries, and it can make a mountain (e.g. Rocky Mountains
in Canada) (Fig. 8.33 left). Thrust faults appear where large blocks of land can
be forced over the top of another block of land at a low angle.

e Tension is stress that stretches and pulls a body of rock apart. When rocks are
pulled apart by tension, the rocks tend to become thinner. Tension occurs at or
near divergent plate boundaries, and within a continent they can form conti-
nental rifts and ocean ridge in oceanic crust. (Fig. 8.33 middle). In non-oceanic
regions, the fault created by tension stress is called a normal fault.

e Shear stress is the stress component parallel to a given surface, such as a fault
plane, that results from forces applied parallel to the surface or from remote
forces transmitted through the surrounding rock. Shear stress is experienced at
transform boundaries and lithosphere neither is created nor destroyed. In this
case, no major topographic effect and volcanic activity appear (Fig. 8.33 right).
Shear stress produces the strike-slip phenomenon, simply a strike-slip fault,
which can occur while two objects are sliding over each other.

e Principal stresses: The actual values of the six stress components in the stress
matrix, S, for a given body subjected to loading, will depend on the orientation
of the body in the body itself. If the body rotates, it should be possible to find the
directions in which the normal stress components take on maximum and min-
imum values. It is found that, in these directions, the shear components on all
faces of the body become zero, and the stress tensor becomes:

oo 0 O
S=({0 g 0]. (8.126a)
0 0 o,
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If one of the eigenvalues of the stress tensor is zero, the stress tensor will be a
plane stress. That is, there is a Cartesian coordinate system in which the stress
tensor has the form

g 0 O
S=1{0 g 0]. (8.126b)
0 0 O

e [ike the normal stress, the shear stress will also have a maximum in a certain
direction. This direction can be determined by taking a derivative of the
shear-stress rotation equation with respect to the angle and equate it to zero. The
maximum and minimum shear stress can be calculated by:

(8.127)

Tmax =

where o, is normal stress in x direction, gy is normal stress in y direction and oy,
is shear stress perpendicular to x axis and in y direction. The minimum shear
stress will be the same absolute value as the maximum, but in the opposite
direction.

e Stress invariants: when the stress tensor is expressed with reference to sets of
axes oriented in different directions, the components of the tensor change.
However, certain functions of the components do not change. These are known
as stress invariants, expressed as [;, I, and I3, where:

I} = 0+ 0y + 0

— 2 _ 2 2
b = 00y + Oy, + 0,00 — 0y, — 0y — 0, (8.128)
2

I = 00,,0,; +20,,0,,0, — Jxxa}z,z - Jyyazzx — 0207

As has been mentioned before, plate tectonics is a clear signature of mantle
convection. The locations of major plate boundaries are shown in Fig. 8.34,
which illustrates that the plates move and interact differently at the boundaries.
The movements at the boundaries can be detected by studying the stress com-
ponents. The deformation of an object is referred to as stress, and stress takes
many forms. Several important features are formed at the boundaries, such as
deep-sea trenches, volcanoes, earthquakes, hot spots, etc. The most significant
earthquakes occur at the plate boundaries with the maximum stresses (Fig. 8.35).

The trenches of Peru-Chile, Mariana and Tonga are the most important regions
for divergent plate boundaries. Hot spots are points on the Earth’s surface located
directly over mantle plumes with magma rising from deep within the mantle. Over
time this process creates island chains in the seas and oceans. For instance, the
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Fig. 8.35 Significant global earthquake epicentre 1900-2013. (http://earthquake.usgs.gov/
earthquakes/world/seismicity_maps, 2015-04-05). The epicentre is the point on the earth’s sur-
face vertically above the hypocenter (or focus) point in the crust, where a seismic rupture begins
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Fig. 8.36 Hot spots in the Hawaiian island chain (background map shows the solid-Earth
topography using DTM2006)

Hawaiian island chain located above a hot plume in the Pacific Plate (see Fig. 8.36)
is one of important areas to study stress and earthquakes. There is a famous triple
junction of three diverging plates in East Africa (see Fig. 8.34).

8.6.3 Determining Stress Using Geometric—Geodesy
Techniques

Repetition of geodetic surveys over time offers a great tool to define the pattern of
present day relative plate tectonic motions in terms of direction, as well as amount
of displacement. Traditionally, these surveys were performed with trilateration
methods using electronic distance measurements and angle observations using
theodolites (Ortlieb et al. 1989), but more recently GNSS (Scherneck et al. 2010;
Riguzzi et al. 2013), Very Long Baseline Interferometry (VLBI) (Hass et al. 2002),
Satellite Laser Ranging (SLR) (Noomen et al. 1996; Nieuwland 2003, p. 101) and
InSar data (Biirgmann et al. 2000; Hanssen 2001) are commonly utilized.

8.6.3.1 Global Navigation Satellite Systems (GNSS)

The recent development of GNSS networks makes it possible to study (by spatial
and temporal resolution) ongoing crustal deformation. GNSS geodetic measure-
ments devoted to active tectonics studies and deformation have been extensively
carried out since the early 2000s. For example, the BIFROST (Baseline Inferences
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for Fennoscandian Rebound Observations Sea Level and Tectonics) project started
in 1993. The purpose was to establish a new 3-D measurement of the movements in
the Earth crust using GNSS observations and able to constrain models of the GIA
(Glacial Isostatic Adjustment) process in Fennoscandia. Updated station velocities
can be found in Lidberg et al. (2007), based on data from the period 1996 to
mid-2004. Scherneck et al. (2010) investigated and developed a method for the
analysis of crustal strain, determined by station networks that are continuously
measured by GNSS. The data they analysed are eight-years’ worth of daily results
from continuous BIFROST GPS measurements in the permanent networks of the
Nordic countries and their neighbours. Reducing the observations with best-fitting
predictions for the effects of GIA, they found maximum strain rates predominately
in the interior of the rebound area. Riguzzi et al. (2013) also used GPS data to study
strain rates in active faults in Italy. They found that geodetic strain rates, integrated
with the knowledge of active faults, indicates that the most hazardous seismic areas
are those with lower strain rates, where active faults are possibly approaching the
end of the seismic cycle (see also Devoti et al. 2014).

8.6.3.2 Very Long Baseline Interferometry (VLBI)

VLBI is a type of astronomical interferometry used in radio astronomy, where a
signal from an astronomical radio source, such as a quasar, is collected at multiple
radio telescopes on Earth. The distance between the radio telescopes is then cal-
culated using the time difference between the arrivals of the radio signal at the
telescopes. This enables observations of an object that are made simultaneously by
many radio telescopes to be combined, emulating a telescope with a size equal to
the maximum separation between the telescopes.

Today, baseline measurements between geodetic VLBI stations are achieved
with an accuracy of better than 2 mm. Since 1990, the European fixed-station
geodetic VLBI network has been observing on a regular basis in order to determine
surface motion in Europe. The main purpose of establishing VLBI systems is the
determination of surface deformation (strain rate) in Europe, and the other goal is to
provide a stable reference network for other geodetic techniques used in the area,
e.g. GPS networks (Haas et al. 2002).

8.6.3.3 Satellite Laser Ranging (SLR)

SLR is a technique that measures the round-trip time of flight of ultra-short pulses
of light to satellites equipped with retroreflectors. This provides instantaneous range
measurements at millimetre-level precision, which can be accumulated to provide
accurate measurement of orbits and a host of important scientific data for tectonic
stress in the Earth’s crust (Nieuwland 2003, p. 101). Its capability to study the
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variations over time in the Earth’s gravity field and to monitor changes with respect
to the reference frame (e.g. The International Terrestrial Reference Frame (ITRF)),
together with the capability to monitor vertical motion, makes it unique for mod-
eling and evaluating long-term deformations and changes. The ability of the SLR
system is not only in the determination of plate tectonics, but it is also applicable to
provide a reference system for post-glacial rebound, sea level and ice volume
changes, determining the temporal mass redistribution of the solid Earth, ocean, and
atmosphere system and in monitoring the response of the atmosphere to seasonal
variations in solar heating.

8.6.3.4 Interferometric Synthetic Aperture Radar (InSar)

InSar is a radar technique used in geodesy and remote sensing. This geodetic
method uses two or more synthetic-aperture-radar (SAR) images to generate maps
of surface deformation or digital elevation, using differences in the phase of the
waves returning to the satellite (Massonnet and Feigl 1998; Hanssen 2001) or
aircraft. The technique can potentially measure millimetre-scale changes in defor-
mation over spans of days to years. It has applications for geophysical monitoring
of natural hazards, for example, earthquakes, volcanoes and landslides, and in
structural engineering, in particular, monitoring of subsidence and structural sta-
bility (Biirgmann et al. 2000). Whereas terrestrial observations, like GNSS, provide
sparse point-wise data, the InSar technique can deliver very dense data, but only
1-D observations in the direction of satellite to ground. Many studies that have been
published in recent years demonstrate the contributions of InSAR in the Earth
sciences, e.g. studies of topography, surface deformation, in the fields of crustal
deformation research including surface displacements related to tectonic
deformation.

8.6.3.5 Strain Analysis Using Geodetic Observations

In order to study and analyse deformation phenomena in active zones, it’s important
to determine the following two parameters: (a) displacement vectors from geodetic
data and (b) the principal components of the strain tensor from the displacement
vector. Generally, the deformation is, in terms of strain (E), defined by:

q—AL_0 (8.129)
Ly E

where the strain (which is unitless) is the deformation (AL elongation) per unit of

the original length L. The last part of Eq. (8.129) yields the relation between strain

and normal stress (). AL is the change of length, Ly denotes the initial length (L)

and E is Young’s modulus (the modulus of elasticity).
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In order to model the deformation parameters (stress and strain) of a deformable
body, let r = (x, y, z) represent the position of point P; at epoch #, before defor-
mation and ' = (¥',)’,7) denote the position of point P; after deformation. Then
the displacement vector of P; can be written as:

d=r —-r=(xX—-x y—y Z-2)'=(u v w), (8.130)

where u, v, and w represent the displacement components in the x, y and z direc-
tions, respectively.

Let point P, be another material point in the infinitesimal neighbourhood of P;.
Figure 8.37 illustrates the displacement d, which the points in the neighbourhood of
P, experience if the body is deformed. The relative position vector dr of the
original configuration is deformed into dr’ after deformation.

The change in the neighbourhood is characterized by the linear neighbourhood
transformation (Fraeijs de Veubeke 1979; Horemuz 2010):

dr = vr'ldr, (8.131)

where V denotes the gradient operator yielding the Jacobian matrix (Vr'7) of the
transformation from position r to r’:

o Of
ox dy 0z
T o ay/ o _
v = | & B 5| =F (8.132)
9 9d od
ox dy 0z
and the differential displacement dd is obtained by:
dd = dr' — dr = Vr''dr — dr = (F-I)dr = Edr, (8.133)
Fig. 8.37 Deformation of a After deformation

body (cf. Horemuz 2010)

‘Z Before deformation
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where
ox Oy 0Oz €xx  €xy €y
_ —_ v v | _
E=F-1=|2 2 2/ _lc ¢, e (8.134)
ow  Odw  Iw

ow  ow €, € e
ox Ody 0z = v ®

The matrix E is asymmetric, and consequently it can be decomposed as:

1 1
E=S(E+E")+Z(E-E). (8.135)

The first term (related to the strain tensor) is a symmetric matrix, and second
term (related to rotation of the deformed body) is a skew symmetric matrix. E can
also be written in the form of tensor notation as:

E= &j 1+ 0y, (8136)

where &; =1 (e;+e;) and @; =1(e; —e;) and i and j = x,y,z are the strain
tensor and ®; represents the rotations of the rigid body, respectively. The com-
ponents &y, &y, &, are called the normal strains and describe the extension, or
change in length of the vectors originally parallel to the coordinate system axes. The
COMPONENtS &yy, &, &, are called shear strains and describe the change of angles
between the coordinate axes.

8.6.4 Determining Stress by Disturbing Potential
Components

Large mass distributions and irregularities in the Earth’s layers can be studied in
components of the Earth’s gravity field such as geoid and long-wavelength com-
ponents of the gravity field. Runcorn (1967) presented the stress between two
different Earth layers using the Navier-Stokes equation. He further assumed that the
upper part of the Earth consists of two layers, the outer layer, the rigid crust, and the
inner viscous layer, the mantle, which satisfy the following conditions:

1. The size of the upper part is large enough so that the gravitational effect of the
lower boundary can be neglected.

2. The shape of the upper boundary is such that hydrostatic equilibrium is
provided.

3. The coefficient of mantle viscosity is constant.

Assuming that the disturbing potential of the Earth’s gravity field is 7, the stress
components exerted by the mantle convection on the crust in the north-south and
east-west directions are given by (Runcorn1967) as:
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o) n+1
2n+1098S,
" 8.137
¢ (R — DOZ;(R D0> n+1 00 ( 2)
and
n+1

2n+1 08,
8.137b
%= (R — Do 2 ; <R Do) n+1 sin 004 ( )

respectively, where S, = T,R/(GM), M is the mass of the Earth, g is mean gravity
at the Earth’s surface, Dy is the mean Moho depth and T, is disturbing potential
(Eq. 8.1). In practice the summations in Eqs. (8.137a, b) must be finite, say, 7.x.
By inserting the disturbing potential (Eq. 8.1) into Egs. (8.137a and b), the stress
components become:

Mg "‘““‘< R >"+12n+1

n\m\( )
Cnm m s 8.138a
47(R — Dy)* == \R — Dy n+1 Z On ( )

m=—n

M Wy /R O\""'2n41 Py (0
Oy = § Z ( > Z m Can—m | ‘( )a

Oy =

4m(R — Do)2 = \R— Dy n+l ~—~ sin 0
(8.138b)
where
cosml m<0
On(4) = { sinmi m>0’ (8.139)
and (Tlk 1983, Z.1.44):
Py 1
# =5 [+ ) (n = ] + V)P g1 = P 1] (8.140)

Equation (8.138b) contains a singular term 1 /sin 0 in the first-order derivative of
the Legendre polynomial. Some attempts have been performed to remove this
singularity (see, for example, Petrovskaya and Vershkov 2006).

Finally, the magnitude and direction (azimuth) of the stress S can be expressed by:

S =,/dl+al, (8.141a)

and

o = arctan <ﬁ) (8.141b)

Ox
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8.6.4.1 Stress and Deflection Components

The low-degree components of the deflection of the vertical in the north-south and
east-west directions are given by Eq. (8.1) inserted into Egs. (3.41a) and (b):

1 ON 10N GM 5 nm
¢= _E% = E% Rz,yo L mz;n Cnm
-~ (8.142a)
= Z Z gannm ) :an(P)
n=2 m=—n n=2
and
GM & | 9Y,,,(P)
n=- Rzyo ; m;n Com— =" sin eaA = Zg m_Zn ”Inm nm = ; My (P) (8142[))

Hence, the stress components of Eq. (8.138a, b) can be expressed in terms of the
deflection components as:

Nma n+3
870 & R 2n+1
= — P .14
"= () e (8.1430)
and
n n+3
8Y0 1 R 2n+1
, = — P). 8.143b
U} 47'EG s (R _ DQ) n_|_1 7],1( ) ( )

Figure 8.38ashows the stress-field map under the eastern part of the Eurasian plate.
The corresponding numerical investigations described next use Eqs. (8.138a, b) and
are based on the Earth gravitational model EGMO08, and the spherical harmonic terms
of the normal gravity field were computed by the parameters of GRS-80 (Moritz
2000). The EGM was limited to the harmonic window between degrees 13 and 25,
according to Liu (1977), to filter the Earth’s interior and higher degree of topographic
gravity signals. [The low-degree harmonics reflect large scale core-mantle contribu-
tions, while higher degrees may stem from short-wavelength mantle convection
(Richter and Parsons 1975).]

As shown in Fig. 8.34, the tectonic plates are converging in the Eurasian region,
implying compressive stress. This can be clearly seen in Fig. 8.38a. Also, the
collision of the Indian and Eurasian plates not only raises the Tibetan plateau but
also causes deformation. As mentioned, heat flow in the mantle is the driving force
for plate tectonics, which causes the stress. This type of study is one way to explain
the reasons for the Earth’s crust’s deformation and other geodynamical phenomena
like earthquakes, plate tectonic, etc., and gravity inversion is an inexpensive tool in
understanding such phenomena.
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Fig. 8.38 a Map of stress patterns (S) beneath Eurasian plate obtained from Eq. (8.116a), b Stress
exerted by mantle convection under the Eurasian plate using Runcorn (1967) formulaona 1 x 1
arc-deg grid. Unit: MPa. ¢ Stress maps of Tibet (right) and Iran (left) obtained from the WSM 2008
(Heidbach et al. 2008)
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Fig. 8.38 (continued)

Comparisons between stress fields obtained from seismic and gravity data show
high correlation. Also, studying the stress fields and lithosphere depths are inter-
esting because of their relationship and high correlation (Pick 1994). The gravi-
metric results can be compared with the World Stress Map (WSM), presented by
the National German Research Centre for Geosciences (GeoForschungsZentrum,
GFZ). This map is a global compilation of information on the present-day stress
field of the Earth’s crust with 21,750 stress data records in its current WSM
database release 2008. It is a collaborative project between academia, industry and
government that aims at characterizing the stress patterns and to understand the
stress sources (see Heidbach et al. 2008 for more information). Different types of
stress indicators were used to determine the tectonic stress orientations. They are
grouped into four categories: earthquake focal mechanisms, in situ stress mea-
surements, geologic data from fault-slip analysis and volcanic alignments. The
comparison of Fig. 8.38a and c shows that the obtained results from gravity
inversion are well-matched with the WSM results.

Figure 8.38a shows two active zones in the Eurasian plate. The first one is the
Tibetan Plateau that is surrounded by massive mountain ranges and active faults.
The second zone is located between the Arabian plate and the Eurasian plate in Iran,
i.e. the Zagros Mountain. The major fault zones around the Tibetan Plateau are
Altyn Tagh, Kunlun, Haiyuan and Xianshuihe faults. The Altyn Tagh Fault
(ATF) is more than 1200 km long and it is a strike-slip fault that forms the
northwestern boundary of the Tibetan Plateau. The slip rates have been reported
along the majority of the length of the fault and include measurements from
geodetic techniques (e.g. GNSS surveys and InSAR). Slip rates determined from
GPS campaigns at 90°E are 9 £+ 5 mm/year (Bendick et al. 2000), 9 + 4 mm/year
(Wallace et al. 2004) and 11 4+ 3 mm/year (Zhang et al. 2007).

The Zagros fold and thrust belt (Zagros FTB) is an approximately 1800 km long
zone of deformed crustal rocks, formed in the foreland of the collision between the
Arabian and the Eurasian plates. It is the host to one of the world’s largest petro-
leum provinces, containing about 49% of the established hydrocarbon reserves in
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fold and thrust belts and about 7% of all reserves globally (Cooper 2007). The
Zagros FTB is formed along a section of the plate boundary that is subject to
oblique convergence with the Arabian plate moving northwards with respect to the
Eurasian plate at a speed of about 30 mm/year. The degree of obliqueness reduces
southwards along the Zagros, with the collision becoming nearly orthogonal within
the Fars domain. The relative movement between the plates is only partly taken up
within the Zagros; the remainder is taken up by deformation in the Alborz
mountains and the Lesser Caucasus mountains to the north of the Iranian plateau
and along the zone formed by the Greater Caucasus mountains, the
Apsheron-Balkan Sill and the Kopet Dag mountains, further north again (Talebian
and Jackson 2004).

So far, it is an open question whether Runcorn’s gravimetric technique can also
be used for more detailed regional studies of stress in the mantle.

8.7 Temporal Changes of the Gravity Field

The Earth’s gravity field changes with time due to various geodynamical processes.
The motions are secular and periodic. The largest secular changes are caused by
mantle convection and glacial isostatic adjustment, as well as plate and intraplate
motions. Notable periodic variations are due to Earth’s rotation (e.g. the pole tide of
period 14 months), seasonal variations caused by variations in atmospheric and
hydrologic conditions and tidal variations of various different periods.

Today, most successful data for studying the temporal changes of the gravity
field stems from the very long record of Satellite Laser Ranging (Moore et al. 2005)
and lately from the accurate, dedicated satellite-gravity mission GRACE (Lemoine
et al. 2007). GRACE data greatly complement the Glacial Isostatic Adjustment
(GIA) studies because of their long-wavelength characteristic. Therefore, the
GRACE sensors are appropriate tools to measure secular gravity changes in the
mantle layers. There are different solutions for GRACE monthly, weekly and
ten-day solutions provided by several analysis centres. The three main analysis
centres are Centre for Space Research (CSR) at the University of Texas at Austin,
Jet Propulsion Laboratory (JPL) in Pasadena and the Helmholtz-Zentrum Potsdam,
GFZ. In addition, there are solutions from the University of Bonn (ITG), the Centre
National d’Etudes Spatiales (CNES) in Toulouse and the Technical University Delft
(DEOS Mass Transport model).

8.7.1 Satellite-Based Methods to Study Temporal Variations

By repeating satellite tracks for measuring and determining time-tagged, EGM,
linear least squares regression, analysis can be used to determine the temporal
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changes of the potential coefficients (Cnm), such that the changes of the external
disturbing potential and the gravity anomaly can be determined up to some limited
degree M. From Eqgs. (8.1) and (8.2a), one obtains the truncated series:

) GM M R n+1 n .
T=—— (_> Z Cannm(ga A) (8144)
R n=0 r m=—n
and
. GM M R n+2 n . )
Ay = (7> (n=1) ) ComYun(0, 2). (8.145)
n=0 m=—n

For studying near Earth surface mass changes, it is expedient to use the time
derivative of the surface mass density of Eq. (8.5¢):

. 4npR (2n+1)
k(P) ~ 3 Z; y ZCannm (8.146)

m=-—n

8.7.2 Temporal Changes of the Geoid

Assuming that the reference radius R is the mean sea level radius, Bruns’ formula
applied to Eq. (8.144) for » = R yields the temporal change of the geoid height
(with GM/(Ry,) =~ R)

N = RZM: Z ComYum (0, 2). (8.147)
n=0 m=—n

Although the geoid partly runs inside the Earth’s surface, the topographic effect
in Eq. (8.147) is negligible (as long as M is not too large).
From Stokes’ formula one obtains also:

A'd 8.148
- // edo, (8.148)

and, in the classical approach, Ag is the time derivative of the free-air gravity
anomaly (Sjoberg 1983):

Ag=g+F=g+031H, (8.149)
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where the gravity change is in unit of uGal for A in mm/year. In the modern
approach, using the temporal change of the surface gravity anomaly, Eq. (8.149) is
approximate. However, in both cases, the topographic corrections are negligible.

Finally, we consider also the geoid change in the modified Stokes’ formula of
Eq. (6.3a), augmented by the temporal changes of the zero- and first-degree har-
monics and neglecting additive corrections:

NEM TO + Tl R L . S L - EGM
— +— ]S (w)Agdo+c§ (OF +5,)AgE™,  (8.150a)
Yo 47[’))0 n=2
ag

where Ag is the same as in Eq. (8.149) and
) GM LI

Alternatively, Eq. (6.2a) is used (with negligible direct and indirect effects),
resulting in the following formula for the change of the geoid height:

< R M .
N = Z // St )AGMdo + > NEM, (8.151a)
o n=0
)
where
NEM =R > ConYum(P), (8.151b)
and the residual anomaly becomes:
M. GME :
Mg =Mo — G D (1= DCnYn(©) (8.151c)

Equation (8.147) is suitable for global studies of the change of the geoid, while
detailed studies are better determined by Egs. (8.150a) and (8.151a).

8.7.2.1 Global Scale of Temporal Changes in the Gravity Field

Long-term monitoring of temporal geoid change is important for updating the static
geoid model. The change of the geoid with time is caused by the redistribution of
masses within the Earth. Generally it can be observed by repeated geodetic
observations such as gravimetric observations, including space gravity and gra-
diometry, and from geodetic height observed by precise levelling and/or GNSS
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observations [see Eq. (8.178) and Fig. 8.51]. Major causes are glacial isostatic
adjustment and discharge of ice sheets and caps (which can also be modelled by
estimating ice history), continental hydrology and climate variability (with addi-
tional information from metrological data), groundwater withdrawal (using also
hydrological and metrological measurements), earthquakes (considering also seis-
mic and geodetic networks), volcanic activities (with additional information from
seismic networks, geodetic networks) (Jacob et al. 2012). The epoch-wise GRACE
gravity field models can be used to assess geoid changes. It is important to mention
that the gravity data collected by GRACE require smoothing to reduce the effects of
errors present in short-wavelength components. Various methods have been pro-
posed to filter the data (Swenson and Wahr 2006; Kusche 2007; Wouters and
Schrama 2007; Klees et al. 2008). For example, isotropic Gaussian (Wahr et al.
1998) and non-isotropic (Han et al. 2005) filters are the most used methods.
However, none of these methods satisfactorily remove the correlated errors in the
data. The correlated noise in the GRACE data deteriorates the signal-to-noise ratio
(SNR), but the regularization methods used in the gravity field solutions from the
inter-satellite ranging and orbit determination can be manipulated to increase the
SNR and affect other metrics of the signal performance. The effect of the noise is
particularly on the higher harmonic degrees of the gravity change solutions. The
common stripe pattern in the monthly gravity field is the effect of the noise of the
higher degrees. Due to the in-orbit configuration of the GRACE mission (Swenson
and Wahr 20006), the sectorial and near-sectorial coefficients are more sensitive to
the noise than the tesseral coefficients for the same degree. It means that the noise is
not white and makes the resulting regularization weighting matrix to shape as a
block-diagonal matrix for instance, the other tesseral coefficients are not needed to
be regularized within a reasonable approximation (see also Kusche et al. 2009
supplementary documents of the electronic version, Table 1).

According to Kusche et al. (2009), the major problem that users of monthly
GRACE gravity field solutions are faced with is that the data has coloured noise
that show up in the provided spherical harmonic coefficients. Basically, by trun-
cating the spherical harmonic series at long wavelengths, where the noise is not yet
significant, causes the loss of an unacceptably large portion of the signal. The noise
can usually be described as stripping patterns (Fig. 8.39). The reason for this
problem is the mission geometry, as GRACE twin-satellites fly in the same near
polar orbital plane, and the inter-satellite ranging observable used in gravity
modelling transforms into distinct along-track sensitivity. Deficiencies in
de-aliasing models yield an anisotropic error that cannot be removed by, e.g. the
Gaussian isotropic filter. Instead a decorrelation method should be used in the
post-processing of the GRACE data, such as those discussed in Kusche (2007),
Klees et al. (2008) and Kusche et al. (2009). Kusche’s technique uses an a priori
synthetic model of the observation geometry for the decorrelation.

The numerical examples that follow are based on CSR data and use an ensemble
of anisotropic filters with the smoothing factor & = 1 x 103 (Kusche et al. 2009).
In Kusche’s technique the noises are filtered using a priori information on correlated
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noise, for which the information of the calibrated error covariance is needed at least
for one epoch. Then the filter itself as well as its measures of the performance
change with the geographical location consequently, and cannot be represented like
in the case of Gaussian filter simply with a half-wavelength radius.

Figures 8.39 and 8.40 show the geoid change for two consecutive months
obtained from GRACE mission before and after the non-isostropic filtering of the
data according to Kusche (2007), respectively. In the first figure the north-south
strips, stemming from the coloured noise, blur the signal, while in Fig. 8.40 the
geoid change is visible.
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Fig. 8.39 Geoid change using the solution available from CSR (The University of Texas at
Austin, Centre for Space Research) processing centre before filtering, Release 05. Time period of
data: between April and May 2002. Unit: mm
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Fig. 8.40 Geoid change using the solution available from CSR using the same data as in Fig. 8.39
but after filtering
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Fig. 8.41 The secular rate of the geoid change (b, using Eq. 2.6f) by correcting GRACE data
using Kusche’s anisotropic filter: a globally, and b regionally in Fennoscandia for the time period
of data between April 2002 and October 2014 (about 12.5 years) obtained from linear regression
for each point. Unit: mm/year

In order to obtain the secular trend of the geoid change by Eq. (2.6f), a long
observation period should be considered. The plot in Fig. 8.41 uses all monthly
GRACE data sets between April 2002 and October 2014, computed by DDK4 filter
(Kusche et al. 2009). The computations in Fig. 8.41 did not consider any possible
long-term periodic variations in the data, and to check for that a special study was
performed using Eq. (2.6g) at the location of the maximum uplift rate in
Fennoscandia as shown in Table 8.9. The periodical terms considered in this study
are the tidal phases observed by the GRACE satellite orbit. According to Ray et al.
(2003), the orbit plane of any high-inclination spacecraft like GRACE processes
very slowly with respect to the Sun, as the tides generated by the Sun will be aliased
into long periods, e.g. semi-annual, annual and longer. These periods are important
in climate studies, as they can make an aliased error over long periods. Therefore,
the solar tides will affect the GRACE orbit and will be aliased to the long periods.
These periods are P1 (171 days), S1 (322 days), S2 (161 days), K1 (7.48 years)
and K2 (3.74 years). The results show that among these periods only K1, K2 and
S2 are significant. The results show that only the coefficients a, b and c are sig-
nificant at the risk level of o = 5%, as all other |T| <t,/,_; = 1.96, where  is the
Student’s t-distribution statistic. Importantly, the table also shows that the estimated
rates of secular change of the geoid height do not differ significantly in the cases of
including or not including periodic terms in the analyses.

The secular geoid changes in Fig. 8.41a range between —4.8 and +1.2 mm/year,
being primarily due to ice sheet melting and GIA, although these are not the only
causes. The largest negative changes of the geoid, caused by ongoing melting and
discharging of ice sheets, can be seen in Greenland and W. Antarctica with peaks of
—4.2 and —4.8 mm/year, respectively (cf. Sasgen et al. 2005). There are also
notable subductions of the geoid in SE Alaska, possibly related with the melting of
permafrost, and in the Middle East, in particular at the region of the Caspian Sea,
likely due to ground water sinking, as well as in southern S. America, possibly
related with glacier retreats.
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As discussed in Sect. 8.8, since the last glacial period the deloading of ice sheets
reduces the land masses and increases the GIA induced deformation of the solid
Earth in much of northern Europe, Asia, North America, Greenland and Antarctica,
which areas were covered by large ice sheets during the last glacial period, and
Greenland and Antarctica are still covered by huge ice caps (Figs. 1.4 and 1.5). For
example, the ice was as thick as 3 km in Fennoscandia during the last glacial
maximum about 20,000 years ago. The deloading of an ice sheet is accompanied by
an inflow of subcrustal mass, and this process (GIA) starts directly during the
deloading, leading to a mass increase and thereby a geoid uplift. The largest pos-
itive geoid changes are seen in NE Canada, centred over Hudson Bay, with a peak
of 1.2 mm/year, in Fennoscandia, centred over the Bothnian Bay, with a peak of 0.
5 mm/year, and in East Antarctica with 1.1 mm/year, and they are all caused by
postglacial rebound (or GIA). The result for Fennoscandia agrees fairly well with
previous estimates of Sjoberg (1983) and also with Fig. 8.51, both studies derived
from observed land uplift rate data. Sjoberg (1983) estimated that the rebound
induced rates of change of surface gravity and geoid height in Fennoscandia have
peaks of —1.9 pGal/year and 0.65 mm/year, respectively, the former being con-
sistent with absolute gravity observations, the latter agreeing with the result in Fig.
8.41b. See also Sjoberg and Bagherbandi (2013), where also the eustatic effect is
considered. The presented results in North America also agree well with Jacob et al.
(2012) based on 97 monthly GRACE solutions from the University of Texas Centre
for Space Research Release 04 (spanning September 2002 to October 2010).

There are also regions with relatively large geoid uplifts in SW Africa and in the
Amazonas in S. America of unknown origins. The mean global rate of change of
the geoid is estimated to —0.06 + 0.002 mm/year, while over the oceans the mean
value is —0.08 + 0.002 mm/year, the latter being far from the present mean sea
level rise of more than +3 mm/year (Nicolls and Casenave 2010). The
Intergovernmental Panel on Climate Change (IPGC) reported that the geoid
change in Antarctica (cf. Fig. 8.41a) causes a 1.4 mm/year world-wide sea level
rise (Bentley and Wahr 1998). A likely reason for this disagreement is that GRACE
data badly determines the zero- and first-degree harmonics as well as the
second-order (J9) zonal term. Monthly J5g coefficients can be taken from long-term
satellite laser ranging records (Cheng and Tapley 2004), and the first-degree
coefficients, caused by the motion of the geocenter, can be determined by the
method of Swenson et al. (2008). These data were not considered in the above
plots.

Figure 8.42 shows the Earth’s surface-mass changes using GRACE monthly
data. Although mass-transport processes and mass anomalies are very complicated
in the Earth system, the reasons for the mass changes can be divided into different
sources such as ice-mass change and its effect on the sea-level rise, Earth interior
motion (mantle dynamics and GIA), ocean dynamics, continental hydrology (e.g.
large-scale variation of the continental water-storage changes) and atmospheric
effect. Generally, for regions where the geoid goes up, mass increases, and it
probably also reflects the changes caused by lower layers of the Earth.
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Fig. 8.42 Near Earth surface mass changes (&) obtained from Eq. (8.146) using GRACE data,
computed globally on a 1 x 1 arc-deg grid of surface points. Time period of data between April
2002 and October 2014. Unit: kg/m?/year

8.7.2.2 Regional Scale of Temporal Changes in the Gravity Field

It can also be of interest to study geoid and mass changes regionally. We know that
degrees up to 4-5 tell about mass changes in the Earth deep interior, while har-
monics from 5-10 to 10-25 provide information on changes in the lower and upper
mantle, respectively (Liu 1977; Bjerhammar et al. 1980). The lower and upper
mantle contain about 50 and 10% of the Earth’s mass, therefore studying those
mass changes and effects on the geoid are important. The lower mantle extends
from 650 to 2900 km below Earth’s surface and the upper mantle from the Moho
boundary to a depth of about 400 km (Table 8.1). Higher degree harmonics mainly
tell about mass changes in the crust.

Figures 8.43 and 8.44 show the geoid (using 2.6f) and mass changes (i) in
Fennoscandia, Antarctica and North America, where the spherical harmonic win-
dows 5-10 and 10-25 have been applied, respectively. The contributions of the
lower and upper mantle mass anomalies are different, mostly because of the ice-cap
size, as the GIA signals in North America and Antarctica are much larger than in
Fennoscandia. Generally, the same pattern can be seen for the geoid and mass
changes in both lower and upper mantle, namely, when the geoid goes up, the mass
change increases. The mass and geoid changes can be clearly observed in West
Antarctica and Greenland, implied by on-going ice-mass loss. The signature of land
uplift in the lower and upper mantle can be seen in Fennoscandia (Baltic Sea) and
North America (Hudson Bay). The ice sheet in North America was much bigger in
size, especially in its horizontal extent, than the one in Fennoscandia. It was, in some
parts, also thicker than in Fennoscandia, although the difference in thickness would
not explain all of the difference in the signal that can be seen today. Nevertheless, the
whole load of the North-American ice cap (due its extent) was much bigger than the
Fennoscandian, thus the lithosphere was pressed further down into the mantle. Also
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Fig. 8.43 Geoid (unit: mm/year) and mass changes (unit: kg/m?/year) in Fennoscandia,
Antarctica and North America for the spectral window 5 < n < 10 (showing mostly changes
in the lower mantle) using GRACE data for the time period of data between April 2002 and
October 2014 (about 12.5 years)
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Fig. 8.44 Geoid (unit: mm/year) and mass changes (unit: kg/m>/year) in Fennoscandia,
Antarctica and North America for the spectral window 10 < n < 25 (showing mostly changes
in the upper mantle) using GRACE data for the time period of data between April 2002 and
October 2014 (about 12.5 years)

note that the last remnants of the ice vanished later in North America than in
Fennoscandia. Therefore, the mass changes and rebound were at a slightly different
time stage in North America than in Fennoscandia (Steffen et al. 2010).
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Fig. 8.45 Map of Antarctica (British Antarctic Survey)

The ice masses have a significant contribution to the gravity field in Antarctica,
where it is estimated that the land is pushed down about 500 m by the ice.
Figure 8.45 shows the names of major parts of Antarctica. The area is around 58
times the size of the UK, or 1.4 times the size of the USA. About 98% of Antarctica
is covered by ice, which averages at least 2 km in thickness, and ice-free areas are
only 0.32%. The maximum thickness of the ice is 4776 m in position 69°56’S, 135°
12’E. The three largest mountain ranges on the Antarctic continent are the
Transantarctic Mountains, the West Antarctica Ranges and the East Antarctica
Ranges. The Transantarctic Mountains compose a mountain range in Antarctica,
which extends, with some interruptions, across the continent from Cape Adare in
northern Victoria Land to Coats Land. These mountains serve as the divider
between East and West Antarctica. They include a number of separately named
mountain groups, which are often subdivided into smaller ranges. The geoid change
exhibits a strong negative value of —4.5 mm/year, using about 12.5 years data,
along the coast of West Antarctica (see Fig. 8.41a). This is a result of the fact that
the glaciers in this region are losing significant mass (Sasgen et al. 2005), and the
mass change is larger than in Fennoscandia and North America. However, the geoid
changes in the lower and upper mantle are different than —4.5 mm/year (Figs. 8.43
and 8.44). The figures show that the geoid changes reach to —1.7 and
—0.85 mm/year in the upper and lower mantle in West Antarctica (in 12.5 years),
respectively. The findings from GOCE and GRACE and the data from ESA’s
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CryoSat satellite, which carries a radar altimeter, and also ICESat missions show a
large negative ice-mass change in West Antarctica, a loss that has increased
threefold since 2009.

In this chapter, the harmonic window technique was used to show the crustal,
upper and lower mantle structures and mass changes beneath the above mentioned
regions. Convective materials circulate in the mantle because of the temperature
difference between the Earth’s surface and outer core. Hot material rises from below,
while cooler (and heavier) material descends. The latter is often in the form of
large-scale lithospheric material moving downward at plate boundaries (subduction
zones at about 410 km of depth). In the sense of fluid dynamics, mantle convection is
a disordered process, which is supposed to be an integral part of plate motion.

8.8 Viscosity in the Mantle

The viscosity of a material is a measure of its resistance to gradual deformation by
stress caused by an external force, mass change or load. Knowledge of the mantle
viscosity is of vital importance in seismology, geology and studies on the GIA.
Studies about GIA and viscosity determination are crucial, because the GIA causes
changes in the shape, gravity field of the Earth and the Earth’s rotation, as well as in
sea level change. The mantle is a dynamo with flow driven by both thermal and
chemical heterogeneities within it (Kaufmann and Lambeck 2000), and usually the
travel times of seismic waves are used to infer its elastic properties such as vis-
cosity. One way of estimating the mantle viscosity is to study the uplift process
related to post-glacial rebound by geodetic and geologic information.

8.8.1 Geophysical Approaches

GIA modelling using a geophysical approach depends on reconstructions and
assumptions of the glacial history and on the parameterization of the rheology of the
solid Earth, mostly with rather limited data. For this purpose, various models of ice
history and viscosity, e.g. ICE-5G (VM2) (Peltier 2004), the effect of Earth rotation
(Milne and Mitrovica, 1998), an elastic lithosphere thickness model, are applied.
There are three pillars in such a GIA modelling: observations, the ice model and the
Earth model. Geologic, geophysical and/or geodetic data and topography (model)
are the most important observations. Ice models show spatial variation over time that
can be obtained based on geological evidence. The main problem is that the needed
thickness of the ice in the models is difficult to determine accurately. The ice
thickness depends on an Earth model that represents the structure of the Earth’s crust
and mantle. Different techniques are available for this purpose [see, for example,
Wu et al. (2010), Spada et al. (2011), Steffen et al. (2012), and Peltier (2014)],
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and all need an ice model and data for determining a realistic Earth model. Some
benchmark projects for GIA modelling have been performed by Zhong et al. (2008)
and Spada et al. (2011) to test different ice model effects on the GIA modelling
techniques.

8.8.2 Rheology and Its Relationship to Viscosity

GIA modelling using geophysical approaches needs to assume a model for the
Earth’s rheology. Rheology is mainly related to continuum mechanics to charac-
terize the flow of materials that exhibits a combination of elastic, viscous and plastic
behaviour by appropriately combining elasticity and (Newtonian) fluid mechanics.
It is evident that any displacement and geoid height changes depend on the way the
Earth responds (e.g. by a rheology with either linear or non-linear models) to the
surface load. Much of theoretical rheology is concerned with associating external
forces and torques with internal stresses and internal strain gradients and flow
velocities (Schowalter 1978). Assuming different rheologies for Earth gives us
different results. Next we list various assumptions for the rheology of the Earth. By
assuming a constant stress:

e If the material strain increases linearly with increasing applied stress, then the
material is purely elastic.

e If the deformation rate increases linearly with increasing applied stress, then the
material is purely viscous.

e [f the material is both elastic and viscous, then a viscoelastic deformation
follows.

The relationship between stress and strain is expressed by the equations in
Table 8.10 as the responses of the Earth to loads for various rheology models.

Finally, which rheology fits best for the Earth’s mantle can be identified.
Practically, there is a combination of elasticity and viscosity models called the
Maxwell model that fits well for the Earth’s mantle: for a short period of time (e.g.
for studying seismic waves), an elastic mechanism; while, for a long time span, e.g.
in studying mantle convection, it is rather a viscous mechanism. Simply considering
a Newton body for the Earth and also assuming that the deformation is directly
related to viscosity (King 1995), the viscosity can be defined as:

n=o/t (8.152)

where o is the stress and ¢ is the strain rate. The mantle viscosity can be determined
by the shape of the uplift curve, and it allows one to obtain the decay time (or
relaxation time, i.e. the time it takes for the uplift to adjust to 1/e of the original
depression). This gives the order of magnitude of (for a Newtonian body) the
mantle viscosity (Haskell 1935):
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Table 8.10 Various Earth models (rheology)

Model Fundamental law Constitutive equations Remarks
Elasticity Stress is proportional | 2 = constant — ¢ = pe | p is a material
(Hooke body) to strain constant known as

rigidity, or shear
modulus (having the
dimension of stress)

Viscosity Stress is proportional ¢ = constant — ¢ = né n is a material
(Newton to strain rate constant (dependents
body) on pressure and

temperature), known
as viscosity

Linear A Maxwell material Maxwell rheological
viscoelasticity is a viscoelastic equation:
(Maxwell material having the £ :% +¢
rheology) properties both of
elasticity and
viscosity
n ~ 10*'Pas. (8.153)

King (1995) presented different models for mantle viscosity using different
constraints such as the geoid change, plate tectonics, etc.

8.8.2.1 Classical (Geophysical) Approach to Determine Mantle
Viscosity: A Geophysical Approach

According to Heiskanen and Vening Meinesz (1958, p. 358), mantle viscosity can
be determined by the following approach by assuming that the crust sinks elasti-
cally under the ice load. After the ice is melted, the elastic stress in the mantle
disappears by the slow relaxation and viscous property of the mantle. Then, the
following differential equation expresses the balancing of the elastic and buoyancy
forces versus the load (Lowrie 2007):

e re o
F"{% +2W + 8_)/4} + (P — P)g¢ = L(x,), (8.154a)

where

E

Fr=——
12(1 —?)

D’ (8.154b)

Here, F, is flexural rigidity, E is Young’s modulus, v is Poisson’s ratio, D is the
crustal plate thickness, x and y are horizontal plane coordinates, L is surface load’s
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Fig. 8.46 Geometry of z
elastic bending of the crust
due to ice load. D is the
thickness of the plate (crust)

Earth’s surface

P ) D
¥
T T Elastic plate (crust) T T
P mantle

width, g is gravity, p is the density of the material that fills in the depression caused
by the crustal deflection &, and p,, is density of the viscous mantle. If we assume
that the load affects the plate only in x direction, the above differential equation
becomes:

o
F 05 4 (o= po)gE = L) (8.155)

Assuming that the crustal deflection vanishes in the x direction, the solution
becomes (Heiskanen and Veining Meinesz 1958, p. 358):

&= &sin(n7), (8.156)

which is a sinusoidal function, where &, is the maximum deflection along the ice
axis. Figure 8.46 shows the geometry of bending of the elastic crust due to the ice
load. The surface load L causes a deflection &, in the centre of the load.

When the ice disappears, the upward pressure becomes:

P =pPn8s. (8.157)

The moment (M) can be obtained from the magnitude of the force multiplied by
the distance. The force due to the load would cause the moment:

L2

in the crust.

8.8.2.2 Mantle Viscosity

Taking advantage of the isostatic adjustment and assuming a viscous flow in the
mantle, the relation between pressure due to load and the velocity components
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(u,v,w) in the (x, y, z) directions due to the crust’s load is given by the following
Navier-Stokes equations (Heiskanen and Vening Meinesz 1958. pp. 358-361):

ou  Op 2

pmaf 7& +17A u
0 0

pmg‘; = —a—’; Ay (8.159)
ow 0,

Py = —a—lz +nA%w + pg,

where A is the Laplace operator.

In this equation, it has been assumed that the mantle is plastic with limited
elasticity, and the velocities are small (in the order of 1 cm/year). Therefore,
higher-order terms can be neglected. Assuming that mass conservation holds:

Ou v  Ow

a‘f’a—yﬁ-a—z—o, (8.160)

and using Eq. (8.159), the relation between stress and velocity components will be
given by:

ou
Ox = —P+277§

0
o, =-p+ 2178—; normal stress (8.161a)

ow
0. = —p+2118—Z

and

Ou Ow
=LY shear: 161
T, n(@z + 8x> shear stress (8.161b)

where the normal stress (compression or tension) is perpendicular to the surface,
and the shear stress is parallel to the surface. Here, it has been assumed that the
distribution of the mass change (loading or unloading) in the crust has a harmonic
characteristic in x and y direction, and it has also been assumed that the mass
change will slowly approach equilibrium. Therefore it can be assumed that «, v and
w are functions of z multiplied by the following equation:
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Ke™ = cos(lx) cos(my)e™", (8.162)

where v is decay parameter, which is the inverse of the decay time (see Sect. 8.8.6)
and K is a harmonic function of x and y, which satisfies the harmonic equation

VK +f2K =0 with f?>=1P+m’. (8.163)

Using these assumptions, the solution of velocity and stress components that
satisfies Eq. (8.160) will be obtained as (Heiskanen and Vening Meinesz 1958,
pp- 358-362):

oK

— Az — —fe—1t
u Z a_x €
= Az Z_K oftt (8.164)
y

w=—A(fz+1)Ke ™

and

S
[

0K
—pgz+2nA <ﬂ< + z—) e

Ox?

9’K - .
oy = _pgz+2nA<fK+Za_y2)e—fz—ﬂ (8 165)
0. = —pgz+2nA(1 + fo)fKe 7,

where A is an integration constant that can be derived from Eq. (8.160).
The relation between the vertical depression of the crust and the viscosity can be
obtained by the following assumption:

lim g, = ¢, (8.166)
z—0

Implying that for z = 0, g, equals the crustal deflection multiplied to pg (de-
viation from equilibrium):

£= 2 yge, (8.167)

124

Also, the differential ¢ of with respect to time is equal to w (i.e. the uplift rate)
when z = 0:

2
2 AKe T — —AKe (8.168)
pg
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therefore, the viscosity follows by:

_ P8
n= 20 (8.169a)
and the decay parameter:
¢ pg
T=-— 8.169b
<2nf ( )

Here, the decay parameter 7 is obtained by dividing the land-uplift rate by the
postglacial depression. Figure 8.47 shows the relationship between the depression
and the parameter 7 in Fennoscandia. The earliest value of depression (556 m) is
derived by Nansen (1928) for 8000 years B.C., and we can assume 137 m in year
2000 on the west coast of the Gulf of Bothnia.
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Fig. 8.47 Postglacial depression and decay parameter 7 in Fennoscandia on the west coast of the
Gulf of Bothnia (Heiskanen and Vening Meinesz 1958)
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Assuming f = n/L = n/(1.4 x 10%), which corresponds to the ice dimension
1400 km in plane direction and 2300 km in vertical direction, p,, = 3.27 g/em® and
7 =6 x 10712571, the viscosity will be obtained as:

n = 1.02 x 10*Pas (8.170)

More recent methods for determining the viscosity can be found in Spada et al.
(2011) using Maxwell rheology and the load-deformation technique.

8.8.3 A Geodetic Approach

Following Sjoberg and Bagherbandi (2013) and assuming that the elastic defor-
mation of the crust of thickness D and density p, is negligible in the vertical
direction, the contribution to the disturbing potential at sea level, due to the glacial
depression of the crust, can be expressed as:

R R—-D
24 24
AT:—GpC// / r—lrda—GAp// / r—lrda, (8.171)
¢ R—d 6 R-D—d

where G is the gravitational constant, Ap is the difference between the mantle and
crust densities, ¢ is the unit sphere, R is the sea level radius, / is the distance
between the computational point and integration point and d is the depression of the
crust, or, it can be regarded as the remaining uplift (if it will be completely restored
to sea level). The first integral is the effect on the Earth’s potential due to the mass
deficit between sea level and the depressed crust. The second term is the gravita-
tional effect due to the mass deficit caused by the depressed bottom of the crust into
the mantle. We assume that the upper and lower surfaces of the crust are equally
deformed and depressed by the glaciation. Expanding the inverse distance in an
exterior type of Legendre series, one obtains (to first-order Taylor series
approximations):

o0 o0 dn
AT =~ —,uRZ//dPn(cos W)do = —47r,uR22n+

n=0 n=0

o0 1 n
- —4nuR;m Z; o Yy (8.172)

where p = Gp,,, and in the last step we have utilized the addition theorem
Eq. (2.49).
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Note that p,, is the density of the upper mantle. From Eq. (8.172), we thus obtain
the following spectral relation between the disturbing potential and the remaining
uplift:

d d
AT, ~ —4nuR—""— AT, ~ —4nuR—"—. 8.173
oy s P (8.173)

8.8.4 Estimating the Remaining Land Uplift from the Geoid
Depression

Applying Bruns’ formula for the relationship between the fraction of the disturbing
potential AT and the geoid height AN related with GIA:

AT
AN = , (8.174)
Y0

where y, is normal gravity on the reference ellipsoid, it follows from Eq. (8.173)
that:

dm~—c Y @n+1)N,; with c= ﬁ ~ 0.5567. (8.175)

N=Nmin

Following Bjerhammar et al. (1980), we will use the spectral window ny,;, = 10
and np,x = 23, which is the spectral window with optimum correlation between the
land uplift rate and gravity potential in the region (see Sect. 8.8.6 for further
details).

The disturbing potential is computed as the difference between the Earth’s
gravitational potential and normal potential given by GOCOO02S (Goiginger et al.
2011) and the GRS-80 reference field (Moritz 2000), respectively. The computa-
tions are realized on a 1 x 1 arc-degree geographical grid of surface points. The
normal gravity at the reference ellipsoid (y,) is approximated to 981 Gal.
Figure 8.48 shows the corresponding geoid height depression in Fennoscandia,
which varies between —8.9 and 0.19 m, with a mean value of —5.5 &= 2.1 m.

The numerical result for the remaining uplift from the present time up to
completeness is shown in Fig. 8.49. The maximum remaining uplift of 134 m is
estimated on the Bothnian Bay and the mean value is 76 m in Fennoscandia. Some
previous studies estimated the remaining uplift to 90 m (Sjoberg et al. 1994),
50-90 m (Ekman 1991), 90 m (Ekman and Mékinen 1996), 55-90 m (Kaufmann
et al. 2000), while Fjeldskaar and Cathles (1991) suggested a remaining maximum
uplift of only 40 m.
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Fig. 8.48 The geoid over
Fennoscandia for spectral
window 10 < n < 23.
Unit: metre

Fig. 8.49 Remaining land
uplift for spectral window
10 < n < 23in

Fennoscandia. Unit: metre
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8.8.5 Estimating the Geoid Height and Absolute Uplift Rates

The absolute land uplift rate /2 (with respect to the gravity centre of the Earth) is the
sum of the observed/apparent uplift rate (with respect to mean sea level; H), the
eustatic change of sea level (caused by melting of ice caps; changes of sea bottom
topography and temperature related expansion of seawater; H,) and the rate of
change of the geoid height (N):

h=H+H, + N (8.176)
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Numerically, we will use the apparent uplift model NKG2005LU, originally
compiled by Agren and Svensson (2007) and (2011) from geodetic observations
(55 continuously operating GPS and 56 tide gauge stations and a few repeated
national precise-levelling lines), and, in areas without geodetic data, the preferred
GIA model (constrained by the above-tide gauge data) of Lambeck et al. (1998).
According to J. Agren (private communication), the impact of the GIA model is
only minor, implying that the land-uplift model is mainly based on geodetic data.
The eustatic uplift rate is about 1.32 mm/year for the considered period 1882—-1992
(Agren and Svensson 2011).

We now assume that the post-glacial rebound process is the reverse of the glacial
depression process. Taking the time derivative of both sides of Eq. (8.172), noting

that h = —d and applying Bruns’ formula, one obtains:
N~ qi b , (8.177a)
= 2n+1
where:
g =R e~ 179, (8.177b)

Y

Considering also Eq. (8.176), and that the eustatic effect is only a zero-degree
effect, one arrives at the following spectral relations for the geoid height and
absolute uplift rates:

N,,:—Hn, n>1 8.178
(2n+1)—gq - ( )
and
. . Nmax 2n+1 .
h=H, —H,. 8.17
+ n; 2n+1—gq ( %)

The smoothed absolute land-uplift rate, as depicted in Fig. 8.50, varies from 1.4
to 10.9 mm/year with a mean value of 4 mm/year and a standard deviation of
2.7 mm/year.

The estimated uplift rate of the geoid, shown in Fig. 8.51, has a peak value of
0.70 mm/year, which agrees well with 0.7 mm/year estimated by Sjoberg (1983)
who also used land-uplift data, and also with the geoid change estimated from
GRACE data, shown in Fig. 8.41.
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Fig. 8.50 Absolute land uplift rate model based on NKG2005LU (Agren and Svensson 2007).
Unit: mm/year

Fig. 8.51 Temporal change
of the geoid estimated from
the land-uplift rate in
Fennoscandia. Unit: mm/year
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8.8.6 The Decay Time

Assuming a spherical Earth with a solid crust floating on a viscous upper mantle,
the remaining uplift at time ¢ is related to the total depression A at time ¢t = 0 by the
spectral relation (e.g. de Geer 1888; Niskanen 1949; Walcott 1980) so:
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hy = (ho),e”"™, (8.180)

where 7, is the spectral decay or relaxation time (i.e. the inverse of the decay
parameter), which is the time it takes for the uplift to adjust to 1/e of the original
depression, where e ~ 2.67 is the base of the natural logarithm. By differentiating

this equation with respect to time and introducing uplift rate &, one easily obtains:
_dn :hn :dn/rna (8181)

And, by inserting d,, from the spectrum of Eq. (8.175), the decay time can be
expressed as:

Nﬂ
T, ~—2n+1)c—. (8.182)

n

Figure 8.52a, b show the geoid height and uplift rate, respectively, degree by
degree. Comparing the figures, we observe that there is a negative correlation
between the two plots above degree 10 (which we assume is the lower limit of the
glacially isostatically induced geoid depression). The total correlation between the
geoid height and land-uplift rate for the considered spectral window is
—0.99 £ 0.006. The decay time as given by Eq. (8.182) and shown in Fig. 8.52c is
generally increasing (almost linearly) by degree. (Also, notice the unexplained
disturbances of the linear trend with local high and low peaks at degrees 45, 52 and
67 corresponding to wavelengths of about 220, 190 and 148 km, respectively,
which are outside the optimum GIA related spectral window 10 <n <23).
Comparing with previous results, based on shoreline data, we obtain considerably
longer relaxation times. For example, Watts (2001, p. 115), based on a study by
Sauramo (1958), presented an estimate of the decay time of 8 kyr for (the domi-
nating) degree 16, while Fig. 8.52¢ suggests 6 kyr for this degree. [To understand
this discrepancy, one should bear in mind that we determine the gravity spectrum
from a precise Earth gravitational model based on satellite gravity, while Sauramo
(1958) only had access to much poorer terrestrial gravity data.]

Traditionally there are two simple models for the GIA mantle flow in
Fennoscandia. According to Model I (thin-channel flow) the decay time should
increase by spatial wavelength, while the opposite holds for Model 1I
(whole-mantle flow). This method to distinguish between the two general models
was first studied by McConnell (1965) and (1968) by using Fennoscandian uplift
data, but the data were not sufficiently precise to come to a firm conclusion. Other
similar attempts have been conducted with Laurentide uplift data and also by
comparing the integrated relaxation times vs. size of the areas of the Laurentide and
Fennoscandian post-glacial rebounds, but again, the result were not conclusive,
probably due to imprecise historical shoreline data. On the other hand, our com-
putations based on recent uplift data from Fennoscandia, illustrated by Fig. 8.52c,
clearly show that the decay time decreases (almost linearly) with wavenumber (72),



358

h (abselute land uplift rate)

()

MNOoWw W &
th & ¢ o

decay time [kyr]
a
-]

s

N [meter]
o @ @ dn bl R

20

20

20

8 Gravity Inversion

30 40 50 60 T0
degree
]
AN
.
30 40 50 60 7o
degres
¥
,‘/’
30 40 50 B0 T
degree

Fig. 852 aN,, b izn (absolute land-uplift rate) and ¢ decay time

which supports Model II (see also Eq. (8.183) in the next subsection). This result
also agrees with Fig. 8.53, which shows that the viscosity increases by wavelength
(except for some minor disturbances).

8.8.7 Remaining Uplift Versus Power of Uplift Rate

According to Walcott (1980), the shapes of the uplift curves are significantly dif-
ferent for Models I and II due to the differences in viscous mantle flow. This
difference can be explained because the uplift rate is linearly and cubically
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Fig. 8.53 Upper-mantle viscosity by degree. Unit: Pa s

proportional to the remaining uplift, for Models II and I, respectively. However, as
the remaining uplift is not an observable quantity, these patterns are difficult to use
in making distinctions between the two models. However, the remaining uplift is
closely related with the glacio-induced geoid depression (see Eq. 8.175), which is
an observable. Hence, based on our previous computational results, linear and cubic
correlations of uplift rate with remaining uplift and also with the geoid depression
were computed. The computational results yielded correlation coefficients of 0.63
and 0.44 for the linear (related with Model II) and cubic (related with Model I)
correlations, respectively (with no significant difference for remaining uplift or
geoid depression as input variables). Hence, once again, the computational results
support Model II.

8.8.8 Upper-Mantle Viscosity

For the deformation of a viscous sphere, the decay time 7, and viscosity 7 are
related by the expression (e.g. Cathles 1971, 1975; Peltier 1974):

M 3
= 2n+4+ =), 8.183
! Yp R<n+ +I’l> ( )

m
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and by inserting Eq. (8.182) one arrives at the following estimate for the viscosity
(Sjoberg and Bagherbandi 2013):

72 2n+1 N,

N - .184
T 4nG2n+4+3/np, (8.184a)

As the postglacial rebound in Fennoscandia is a regional phenomenon mainly
related to harmonics of degrees, say, larger than 10 (Bjerhammar et al. 1980), the
ratio (2n+1)/(2n+4+3/n) in the equation is nearly one for all degrees n > 10,
which yields:

2
7" Na
™G, ( )

In Fig. 8.53, we present the regional averages values for the upper mantle vis-
cosity by degree using Eq. (8.184b), which shows an almost constant viscosity by
degree [in the range of (4-7) x 10*' Pa s] for the studied spectral window.

If we further assume that the ratio N,/ hn is independent of the wavelength, it
follows that:

N (8.184c)

Hence, viscosity of the upper mantle utilizing the absolute land uplift rate and a
geoid model can be determined using Eq. (8.184c). (Note that the absolute land
uplift rate must be converted from mm/year to mm/s by the factor 12 months X
30 days x 24 h x 3600 s.) The estimated viscosity derived from the land uplift
rate varies from 1.1 x 10%! to 1.6 x 10*?> Pa s over Fennoscandia, with a mean
value in the central uplift region (within a radius of 3 arc-degree from the centre) of
4.3 x 10" Pa s. The most rapid lateral change of the viscosity occurs at shallow
depths of the crust, increasing from 10?' to 10** Pa s in the Norwegian Sea and
Finland. For comparison, as shown in Table 8.11, most recent studies estimate the
upper-mantle viscosity in the range of (0.5-5) x 10?' Pa s, and our results are also
in that range. However, in contrast to many of the methods in the comparison, from
our limited areal extension of data and approximate method, we cannot expect to
also obtain an estimate of viscosity at depth.

We can summarize this numerical experiment as follows:

Repeated absolute gravity measurements in Fennoscandia have revealed that the
on-going post-glacial rebound can be regarded as a pure viscous flow of mantle
mass of density 3390 kg/m® towards the central part of the region caused by a
gravity/uplift rate of -0.167 pGal/mm. Our model estimates the rebound induced
rates of changes of surface gravity and geoid height to have peaks of —1.9
pnGal/year and 1.6 mm/year, respectively. The rates of change of gravity agree well
with recent absolute gravity data. The results, based on a recent land uplift rate
model in Fennoscandia and an up-to-date Earth gravitational model, confirms the
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Table 8.11 Comparison of some estimates of [upper] mantle viscosity in Fennoscandia in units of

10*! Pa s
Reference Model Data Viscosity
Niskanen (1949) Elastic crust and Historical shorelines 5
viscous flow in the
mantle
Bjerhammar Viscous flow in the EGM and & 40
et al. (1980) mantle
Fjeldskaar and Viscoelastic 13 1.2
Cathles (1991) asthenosphere and
mantle
Sjoberg et al. Simple viscous flow EGM, hand T 2
(1991)
Sjoberg et al. Regression analysis EGM, h and T 22 4+0.2
(1994)
Kaufmann and Forward and inverse EGM, sea-level 0.2-0.5 upper
Lambeck (2000) modelling change, seismic 10-30 lower
tomography
Milne et al. Glacial-isostatic adjust | GPS and tide gauge 0.5-1 upper
(2001) in Fennoscandia data 10 lower
Bergstrand et al. | Ice model RSES GPS 30
(2005)
Steffen et al. Ice model RSES GRACE 0.2-0.4
(2010)
Lidberg et al. Ice model RSES GPS 0.5 upper
(2010) 5 lower
Zhao et al. Inverse modelling Ice sheet models and % 0.3-0.5 upper
(2012) from GPS 7-13 lower
Sjoberg and Simple viscous flow EGM, h 4 for spectral
Bagherbandi window
(2013) 10 < n <70
This study Simple viscous flow EGM, h 4 for spectral
window
10 < n <23
This study Simple viscous flow EGM, N 6.5 for spectral
window
10 < n <23

T = Moho depth data. h= present day uplift rate data (repeated levelling, GPS and tide gauge
data)

viscous flow model in the mantle (in contrast to the thin-channel flow model in the
upper mantle). The result is supported both by the decreasing relaxation time with
spatial wavelength of uplift rate and by the type of correlation between remaining
uplift (or present geoid depression) and uplift rate. The upper mantle viscosity is
estimated to 6 x 10?! Pa s, with a small increase in the range of (1-16) x 10%!
Pa s by degree in the spectral window studied. One may speculate that the physics



362 8 Gravity Inversion

behind the decreasing relaxation time by wavelength, as well as the shape of the
viscosity curve in Fig. 8.53, support rheology models with increasing mantle vis-
cosity with depth, but, considering the limited area of data and the approximate
methodology, such a conclusion is out of the scope in this study. Here, GRACE
data could help (see the next section).

8.8.9 Viscosity Determination Using GRACE Data

The most successful data for the temporal changes of the gravity field stems from
the accurate dedicated satellite gravity mission GRACE. The GRACE monthly
solutions have been used in many studies to infer mantle rheology and ice history in
areas with GIA phenomena (e.g. Steffen et al. 2010).

In this section, viscosity determination is presented using the temporal change of
the geoid change obtained from GRACE data. The inverse of Eq. (8.177a)
becomes:

Z (2n+1)N,; ¢~ 0.5567, (8.185)
n=0

which, inserted into Eq. (8.184c), yields:

n= ” al
 4nGe Z (2n + 1)
4nuR
T 1/ec.
Y

N
= IR i w=Gp, and
7PmR S n, MO

(8.186)

We infer the viscosity of the Earth’s mantle from observations of
long-wavelength geoid N, the harmonic window 7y, = 10 and 7y, = 23 (see
Sect. 8.8.3) and employ secular geoid changes (N,) obtained from GRACE data
(see Sect. 8.7). Using Eq. (8.186), the viscosity is obtained to 6.5 x 10*! Pa s in
the central uplift region (within a radius of 3° of the centre). This result is com-
parable with the results presented in Sect. 8.8.8. This result, based on GRACE data,
is related to the upper-mantle layers down to the transition zone at a 660 km depth
according to the schematic viscosity profile presented by Kaufmann and Lambeck
(2000), who reported average viscosities of about (2-5) x 10%° Pa s in the upper
mantle, and (1-3) x 10?2 Pa s in the lower mantle, which are similar to earlier
inferences by Forte and Mitrovica (1996). Previous studies show an almost uniform
viscosity profile (e.g. Cathles 1975; Peltier and Andrews 1976), while most studies
also suggested a significant one-to—two order- magnitude increase of viscosity
across the 660 km seismic discontinuity (Forte and Mitrovica 1996; Lambeck et al.
1996, 1998). As can be observed by the profiles in Fig. 8.54, the viscosity
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Fig. 8.54 Viscosity profiles from predictions of postglacial signatures (Kaufmann and Lambeck
2000)

variations can be smooth in the mantle (profile b and c) or a very large viscosity
jump across the 660 km discontinuity (profile a).

The above mentioned studies modelled the time dependent glacial isostatic
adjustment of the Earth related to past and present changes in the ice ocean mass
imbalance based on mantle viscosity profiles. Also they deduced mantle-viscosity
profiles, which simultaneously fit the long-wavelength geoid constraint and
glacially induced changes of the Earth’s shape.

Finally, in Fig. 8.55, we show the land uplift rate in Fennoscandia estimated by
GRACE data and Eq. (8.185). Comparing with Fig. (8.50), the maximum change is
about 35% larger and located further to the NE.

As previously discussed, the Earth’s gravity field changes with time are due to
various geodynamical processes. The motions can be classified as secular and
periodic, and our focus has been on studying secular trends. The largest secular

Fig. 8.55 Land uplift rate (/)
obtained from GRACE data
using the CSR processing
data centre (The University of
Texas at Austin, Centre for
Space Research) for the time
period between April 2002
and October 2014 (about
12.5 years) after applying
DDKA4 filter (Kusche et al.
2009). Unit: mm/year
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changes are caused by mantle convection, and plate and intraplate tectonics, as well
as GIA. Today, the most successful data for studying the temporal changes of the
gravity field stem from the long record of the accurate dedicated GRACE satellite
gravity mission. These data greatly complement traditional GIA studies by geologic
records and geodetic repeated levellings and GNSS records because of the
long-wavelength characteristic of the phenomenon. One result of this section shows
that some of the periodic terms are not significant in the estimation of the trend, and
they can therefore be ignored (see Table 8.9). The obtained land uplift rates in
Fennoscandia, based on the inversion of gravity data, are also comparable with the
uplift rates calculated with GPS station records (Lidberg et al. 2010; Kierulf et al.
2014).
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Chapter 9
Concluding Remarks and Outlook

Extensive knowledge of the Earth’s gravity field is most versatile in
geomatic/technical applications in society, as well as in geosciences. The increasing
use of geospatial data calls for precise reference systems, as acknowledged by a
United Nations’ resolution in 2015 (see Sect. 1.5). In this context, a precise geoid
model is needed as the vertical zero level in a 3-D coordinate system, and this issue
is particularly demanding in applications of precise satellite positioning, such as
GNSS.

The last 30-40 years have been a very intensive period of development in
physical geodesy and gravimetric geophysics. This rapid development was partly
fuelled by the need for accurate geoid models in the new technology of GNSS
surveying, but the progress was also encouraged by scientific needs in geophysics
(e.g. oceanography) and climate change. These needs have now (in 2016) seen three
successful dedicated satellite-gravity missions being realized in the first decade of
the new millennium, and the outcome of these efforts, e.g. for geoscience studies of
planet Earth and climate change, have been far beyond expectations. We have also
seen a fast development of EGMs, suitable for global and regional gravity-field and
geoid modelling. Since the 1990s, the 1-cm geoid has been a primary goal, which
has now been met in a few countries with smooth topography and/or high-quality
gravity networks. In the future, even higher-quality geoid models are likely to be
requested, and their realizations will put further demands on both theory and data.
The LSMSA technique for geoid determination may possibly be improved by
adding a Meissl type of modification in the least-squares modification of Stokes’
formula, with extended integration of cap size. Gravimetric data will improve both
in quality and coverage at all wavelengths. For covering large areas with rather
detailed data, airborne gravimetry has become an important tool, and for deter-
mining the global long-wavelength gravity field a GRACE Follow-On mission is
planned, using again satellite-to-satellite tracking for inter-satellite range and
range-rate determination by microwave interferometry, with at least the same
accuracy as in the first mission, but also laser interferometry will be tested for
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higher accuracy. In due time, one can also foresee a follow-up of the successful
GOCE satellite gradiometry mission.

In the future, vertical control points, established, e.g. by steel bench marks in
hard rock, may possibly be abandoned in favour of vertical control systems based
on high-quality (digital) geoid models, suitable for height determination by GNSS-
levelling. Today, most European and former Soviet countries define their vertical
systems in terms of normal height and quasigeoid, while most other countries use
the orthometric height and the geoid in their height systems. [Some comparisons are
given in Vanicek et al. (2012) and in Sjoberg (2013)]. The primary advantage of the
quasigeoid-based system is that the partly unknown mass distribution of the
topography does not affect the computed (quasigeoid and normal) heights and their
accuracies. On the other hand, the geoid is a natural zero level as it approximates
mean sea level (and its prolongation through the continents), while the quasigeoid
has no such natural interpretation. In addition, the geoid, in contrast to the quasi-
geoid, is an equipotential surface in the Earth’s gravity field. Therefore, the geoid,
but not the quasigeoid (which is a projection of the telluroid that closely follows the
mostly irregular topographic surface), can be successfully digitized and interpolated
to very high resolution, and this fact could possibly be a practical problem in future
quasigeoid-based systems.

While geoid computation is successfully achieved by combining the long- to
medium-wavelength data of an EGM with a Stokes’ type integral, which provides
the detailed information, an EGM alone limited to, say, 180° is sufficient to cover
all significant wavelengths in some geophysical applications, such as gravity
inversion for Moho depth and (possibly) density contrast, as well as for tectonic
stress in the mantle. For such studies, an improved low- to medium-wavelength
EGM will be beneficial.

Among the remaining problems to be solved is the bias in gravity field data over
the oceans caused by the Sea Surface Topography in the process of inverting
satellite-altimetry data to gravity data. This issue is important, as the detailed
gravity field on the ocean mainly relies on this technique, and there is by now no
successful independent way to remove the bias, of the order of +1-2 m, and a
considerable part of it therefore remains in the gravity.

Today, the GRACE mission is, and its successor(s) will be, the most essential
techniques for determining the global to regional temporal changes of gravity and
geoid with several important practical and scientific applications for science and
society. Examples of such applications are monitoring of geoid and sea level
changes and land uplift rates, as well as mass changes of glaciers, ice sheets and
hydrography. A notable application in oceanography is to use the estimated tem-
poral change of slope of the geoid, which, combined with the rate of change of sea
level slope, provides the change of steric ocean current, closely related with climate
change.

Today the common way to estimate the quality of a gravimetric geoid deter-
mination is to compare it with a GNSS-levelling based geometric geoid model. As
this comparison includes independent systems for gravity, GNSS and levelling,
much of the systematic errors of each system are lumped together and determined in
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a least squares fitting procedure and removed, but there is no reliable way to
distribute the estimated bias and tilts to gravimetric and GNSS-levelling geoid
results. Interestingly, the emerging research towards a relativistic technique by
atomic clocks will offer another independent means for height and geoid determi-
nations and control, e.g. in a global network of control points as complementary to
satellite gravimetry, as well as to the global geometric reference of the ITRF. In the
future, chronometric levelling may, for the first time, even become a practical tool
for direct measuring of geopotential differences for various applications in geodesy
and geophysics (see, e.g. Kopeikin et al. 2015; Flury 2016).
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