Chapter 6, Figure 8. Microphotographs of Blake phosphorite nodules. From Manheim et al. (1979). Figures 8a, b, c, d
are on the inside front cover.
(e) Same as (d), magnification of interface 43X. (f) Same as (e), but with gypsum plate and crossed polarizers.
(g) Phosphatized bone. Haversian canals are readily visible. (h) Phosphorite overlain by manganese oxide.
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FOREWORD

Marine Minerals was first published in 1979 as Volume 6 of the series
entitled "SHORT COURSE NOTES." In 1980 the Mineralogical Society of America
changed the name of the series to "REVIEWS IN MINERALOGY," and for that reason
this, the second printing of Marine Minerals has been reissued under the new
banner. Only minor corrections have been made. The reader's attention is
directed to the titles of other volumes published in the "REVIEWS" series, as
listed on the opposite page.

Paul H. Ribbe
Series Editor

Blacksburg, VA
October 1981

PREFACE and ACKNOWLEDGMENTS

This volume was originated from notes prepared for a short course on
Marine Minerals held in La Jolla, California, November 2-3, 1979. Sponsored
by the Mineralogical Society of America, the short course was organized by

the following individuals who served as lecturers and authors:

Roger G. Burns William T. Holser
Virginia Mee Burns Miriam Kastner
Thomas M. Church Frank T. Manheim
Robert A. Gulbrandson James W. Murray

John C. Hathaway

With the increased activity in marine geochemical research resulting
from studies of dissolved constituents and particulate matter in seawater,
diagenetic reactions in underlying sediments, submarine volcanism at spreading
centers, and interactions of seawater with igneous rocks, it is timely to re-
view the properties of some of the major mineral constituents found on the
seafloor or extracted from seawater. Chapters in this volume, therefore, are
devoted to marine manganese oxide, iron oxide, silica polymorphs, zeolite,
clay, phosphorite, barite, evaporite, and placer minerals. Carbonates are not
included; coverage of this important mineral group warrants a separate mono-
graph. The extremely interesting sulfide and hydrothermal mineral assemblages
recently discovered at oceanic spreading centers are also not discussed here.

Special thanks are due to Prof. Paul H. Ribbe, of Virginia Polytechnic
Institute and State University, who did the copy editing, to Mrs. Margie
Strickler, Ramonda Haycocks, and Patricia Fenton, who did the typing, and to
Messrs. Brian Cooper, James Downs, and Bryan Chakoumakos, who proof-read the
entire text. We gratefully acknowledge the permission of numerous publishers,
editors and authors to reproduce many of the illustrations and data used in
several of the chapters.

Roger G. Burns
Cambridge, MA
November 1979
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Chapter 1

MANGANESE OXIDES

Roger G. Burns and Virginia Mee Burns

INTRODUCTION

Manganese oxides are ubiquitous phases in the marine environment,
being major components of seafloor manganese nodules, crusts on basalts
at ridge-crests and fracture zones, metalliferous sediments near spreading
centers, and coatings on detritus and biogenic debris suspended in the
water column and underlying sediments. The hydrous manganese oxides are
frequently, but not always, intimately associated with hydrated iron oxide
and oxyhydroxide phases (Murray, this volume, Ch. 2), and they generally
host a variety of minor elements, some of which (e.g. Ni, Cu, Co) are en-
riched to economically important concentrations. Tetravalent manganese
predominates in marine manganese oxides, but the presence of Mn2+ and
Mn3+ ions in some phases is inferred from crystal chemistry and thermo-
dynamic criteria. Although more than 20 manganese (IV) oxide minerals
are known in continental manganese deposits, only a few of these terres-
trial minerals have been positively and unambiguously identified in the
marine environment. The marine manganese oxide phases are often meta-
stable, intimately intergrown with other materials, and so poorly crystal-
line that attempts to identify them by conventional x-ray diffraction
techniques are fraught with difficulties. The manganese oxides found in
the marine environment are characterized by numerous structural defects,
essential vacancies which may or may not be ordered, domain intergrowths,
extensive solid solution, and cation exchange properties. These phenomena
not only lead to non-stoichiometry, but detract from long-range ordering,
making crystal structure determinations by x-ray diffraction methods ex—
tremely difficult. Recently, information derived from scanning electron
microscopy, electron diffraction, high resolution transmission electron
microscopy, infrared spectroscopy and extended X-ray absorption fine struc-
ture, has led to a better understanding of the crystal chemistry and
physical and chemical properties of the intractable manganese oxide phases.

These results are summarized in this chapter.
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Table 1.

Crystallographic

Data for Selected Oxides of Manganese

Mineral or Compound

Approximate Formula

Crystal Class
(Space Group)

Cell Parameters

pyrolusite
(S—Mnoz)

ramsdellite

nsutite
(y-Mn0,)

s—MnO2

hollandite
(u-MnOz)

cryptomelane

romanéchite

(psilomelane)

todorokite

buserite
("10A manganite')

lithiophorite

N
Amsos and

CdzMn308

chalcophanite

synthetic birnessite
synthetic birnessite

birnessite

vernadite
(6-Mn0,)

rancieite
groutite
feitknechtite

manganite

hausmannite

pyrochroite

o™t w0 0,00,

MnO2

(Ba,K) | _,Mng0, (. xH 0

+
(Ba,K,an ,Co),
MnSOlO.xHZO
(CaNa,K) (g, Ma”)
MnSOlz.xEZO

NaMn oxide
hydrate

b 2+
tn, Mo,
[A14L12(0H>12]

2 4+
Mo, Mag Qg
CdZMD308

Zn Mn 0O

g0 01y 68,0

Na;Mny 059

.SHZO

9H20
M,0pq
(Na,Ca,K) (Mg, Mn)
M“6°14‘5H2°
MnOZ'nHZO'm(RZO’RO’R203>
R=Na,Ca,Co,FeMn
(Ca,Mn)Mn409.3H20
a-MnOOH

3-MnOOH

Y-MnOOH

Mn3OA

Mn(OH)2

tetragonal (PAZ/ng)

orthorhombic (Pbnm)

hexagonal

hexagonal
tetragonal (I4/m)

or
monoclinic (P21/n)

tetragonal (I4/m)
or
monoclinic (I2/m)

monoclinic (A2/m)
or

orthorhombic (yzlzlz)

monoclinic

hexagonal

monoclinic (C2/m)

monoclinic (C2/m or C2)

triclinic (PI)

orthorhombic
hexagonal

hexagonal
hexagonal

hexagonal
orthorhombic (Pbnm)
hexagonal (P3ml)

monoclinic (le/d)

tetragonal (IAl/amd)

hexagonal (P3ml)

a =4.39; c =2.87

a =4.53; b =9.27; c =2.87

a =9.65; c =4.43

a =2.80; c =4.45

a =9.96; c =2.86

a =10.03; b =5.76; ¢ =9.90
8=90°42"

a =9.84; c =2.86

a =9.79; b =2.88; c =9.94
3=90°37"

a =9.56; b =2.88; c =13.85
8=92°30"
a =8,254; b =13.40; c =2.864

a =9.75; b =2.849; c =9.59
8=90

a =8.41; c =10.01

a =5.06; b =8.70; c =9.61
3=100°7'
a =10.34; b =5.72; c =4.85
8=109°25"

a =7.54; b =7.54; c =8.22
a=90°; B=117°12'; y=120°

a =8.54; b =15.39; c =14.26
a =2.84; c =7.27

a =2.85; c =7.08-7.31

a =2.86; c =4.7

a =2.84; c =7.07

a =4.56; b =10.70; c =2.85
a =3.32; c =4.71

a =8.88; b =5.25; ¢ =5.71
8=90°

a =5.76; c =9.41

a =3.322; ¢ =4.734



Following a survey of the mineralogy, nomenclature and crystal struc-

tural  correlations of the principal manganese  (IV)  oxides, thermodynamic
properties, occurrences and parageneses of the marine manganese oxide

minerals are described. The coverage of this chapter  compliments those
of recent treatises (Glashy, 1977, Varentsov, 1979) and reviews  (Bonatti,

1975; Calvert, 1978; Burns and Burns, 1977a, 1979).

MINERALOGY AND NOMENCLATURE

Manganese forms a large number of oxides, ranging  from refractory an-
hydrous  phases to hydrated  minerals stable at low temperatures in aqueous
environments. The simpler, more refractory oxides  of divalent and trivalent
manganese were reviewed by Huebner (1976). So far as the higher oxides are
concerned, at least 20 naturally-occurring varieties containing tetravalent
manganese are currently recognized as valid  mineral species  (Hewett and
Fleischer, 1960; Hewett et al., 1963; Burns and Burns, 1977a), and several
others are known as synthesis products (Wads ley, 1950a,b;  McKenzie, 1970;
Giovanoli, 1976; Giovanoli and Stahli, 1970;  Giovanoli et al, 1967, 1969,
1970a,b, 1971, 1973, 1975; Usui, 1979). Many of the manganese oxide phases
pertinent to this review of marine occurrences are listed in Table I, to-
gether  with  available crystallographic data and current information on
chemical compositions and crystal structures. More comprehensive compendia

are presented elsewhere (Burns and Burns, 1977a).

The most common method for identifying the typically opaque,  crypto-
crystalline manganese oxide minerals has been by x-ray diffraction analysis,
preferably using Mn filtered FeKa radiation. Frequently, however,  the par-
ticle sizes of the crystallites are so small that coherent  scattering of
x-rays is reduced. Thus, many naturally-occurring manganese oxides  appear
to be amorphous or to give broad, diffuse lines in x-ray diffraction pat-
terns. Samples crushed under liquid nitrogen appear to give Dbetter patterns,
however  (Brown, 1972). Furthermore, certain d-spacings are common to several
minerals. Most  noteworthy are the values around 2.40-2.45 A and 1.40-1.42 A,
which  represent diffractions of x-rays from the (I0IO) and (ll20) planes  of
hexagonally close-packed oxygens  containing manganese ions in octahedral
coordination. Therefore, identification by x-ray diffraction techniques
has sometimes  produced ambiguous  results. The added resolution of electron

diffraction techniques has led to the discovery of complex intergrowths of
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variable lattice periodicities in some of the naturally-occurring hydrated

manganese oxides  (Turner  and Buseck, 1979a,b; Chukhrov et al, 1978a,b,c,
1979a,b,c). Such coherent  and disordered intergrowths having  dimensions of
a few unit cells (i.e., tens of Angstroms) point to added complexities over
classification and nomenclature, examples of which are now discussed.
Todorokite, Buserite and "lO A Manganite"

One of the most common manganese oxide phases identified in marine
deposits is that characterized by x-ray diffraction lines at 9.5-98 A and
4.8-4.9 A, together with  other less diagnostic d-spacings. Electron micro-

probe analyses  of this phase indicate that it is a hydrated Mn-Mg-Ca-Na-Ni-Cu

oxide, often with  significant concentrations of Ni and Cu (see Table 2,

analyses 8 and 9). Similar x-ray diffraction patterns are shown by todoro-
kite, a Mn-Mg-Ca-Na-K  oxide originally reported in a non-marine environment
(Yoshimura, 1934), and by derivatives of a synthetic sodium manganese oxide

hydrate (Feitknecht and Marti, 1945a,b;  Wadsley, 1950a,b;  McKenzie, 1970)
called "IO A manganite." As a result, one of the phases occurring in man-
ganese nodules was identified as either todorokite (Straczek et al, 1960;
Hewett et al, 1963; Manheim, 1965) or "lO A manganite" (Buser,  1959).

This dual nomenclature pervaded  the literature during  the 1960's  (Burns
and Burns, 1977a), despite the complaint (Arrhenius, 1963; Burns and
Fuerstenau, 1966) that the term "IO A manganite" led to confusion with  the
mineral  manganite (y_MnllIOOH). Giovanoli et al (197) proposed  that the
"0 A manganite" phase in marine manganese nodules be named buserite in
honor of W. Buser (Hey and Embrey, 1974), and this nomenclature has been
adopted by some European groups  (Jeffries and Stumm, 1976; Giovanoli,

1979). It was further contended (Giovanoli et al, 1971; Giovanoli and
Burki, 1975) from x-ray and electron diffraction measurements of synthetic
manganese oxides that natural todorokites are a mixture of buserite and its
decomposition products birnessite and manganite (y-MnOOH), a viewpoint

which  has not been universally accepted.

Todorokite. Todorokite at the type locality in Japan is formed as
an alteration product  of the pyroxenoid, inesite (Yoshimura, 1934). The
mineral has subsequently been identified in a number of continental oc-
currences. For example, at Charco Redondo in Cuba, todorokite is a primary

mineral formed as a syngenetic deposit ~ on the seafloor during  the Eocene.
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Table 2. Chemical Analyses of Todorokites and Synthetic  Buserites

10 1 12
NnO, 65.39 69.57 68.46 71.75 72.98 66.3 64.3 67.98
711 78.03 80.86 74.91
>Ino 12.37 11.65 10.70 8.62 6.81 7.4 7.2 7.98
ca0 3.28 2.30 213 1.40 124 13 167 101 509
S0 0.05 0.13 0.01 0.11
8D 205 0.19 0.40 4.32 0.19 03 0.28 1.51 0.50
Nazo 0.21 114 1.44 017 0.16 27 3.09 1.10 0.19
K20 0.54 0.35 0.75 0.91 0.92 06 0.66 1.55 0.19
)1g0 1.01 3.25 322 213 2.26 3.4 327 3.12 151
Co0 0.05 0.18 0.2 0.05 0,01 0.21
) 0.05 6.4 6.76 0.06 032
co 0.01 0.44 077 147 38 2.05 0.01 0.55
20D 4.99 9.8 03 0.04 0.07
HZO) 0.28 0.19 0.02 0.2 0.38 0.35
fezo) 0.20 0.07 0.02 059 01 2.22 035 1.64 0.08
sb.! 0.45 0.27 0.41 0.23 0.55 02 1.67 0.96 0.20
o 11.28 10.83 10.99 9.95 8.34 16.3 14.3 (9.4) (0.07) (9.51)  (12.46) 14.31
Others 1011 0.15 0.15 0.24 0.24
TOTAL 99.24 100.16 99.51 99.89 100.74 99.3 1005 (100.0) (100.0)  (100.0) (100.0) 99. 29
1. Todorokite,  hydrothermal alteration  product of inesite,  (CaZMn7sil002S(OH)Z'SHZO), Todoroki Ntne, Hokkaido, .lapan
(Yoshimura, ~ 1934).
2. Todorokite, fissure or breccia filing  in limestone or volcanic tuff, ~Charco Redondo Mine, Oriente Province, Cuba
(Frondel et al., 1960a).
3. Todorokite, fissure or breccia filing  in limestone or volcanic tuff, Charco Redondo Mine, Oriente Provinu,  Cuba
Straczek et: al., 1960). Calculated formula on the basis of 12 oxygens:  cao.21a0.30K0.0IMgo.57Mnt96Mn5.01011'3.88H20.
yg 9
4. Todorokite, nodular masses, Huttenberg, ~Carinthia,  Austria  (Frondel et ai., 1960a).
5. Zindan todorokite,  Phillipsburg, Montana (Larsen, 1967). Includes 0.55tPbO.
6. Synthetic zinc buserte  (Giovanoli et al, 1975: Giovanol,  1979).
7. Synthetic copper buserite  (Giovanoli  er al, 1975; Giovanoli,  1979).
8. Todorokite, lining of healed internal  fracture.  manganese nodule; north equatorial  Pacific; DOMESSite A at 8- 151 W
(Buns and Bums, 1978a).  Electron microprobe  analysis.
9. Todorokite (10 A :ianganite”),  lamination in manganese nodule; north Pacific;  Challenger ~Station 252 at )7052'-,
160{17'L. (Stevenson and Stevenson, 1970).  Flectron microprobe  analysis.
10. Todorokite, ~almost pure, very well crystallized, with slight ~amount of bimessite;  hydrothermal ~mounds on south fLank
of the Galapagos Rift at 00c36'N. 86°04'W (Corliss et al, 1978). Electron microprobe analysis.
11. Todorokite, micronodule in metalliferous  sediments, Bauer Deep at 9S, 1Q2CW(J. Dymondand W. Eklund, unpub. data).
Electron ' microprobe  analysLs. Includes ~0.06Ce0).
12. Todorokite, radiating  crystalites lining  cavities  of y and pr ized h twff,  south
Pacific  BasLn, station 6333 at 22j41' 09"S. 160i50 '08"W, sample 73-15 (Andrushchenko et al .¥ 1975).
Note: In analyses 8-11, all manganese is reported as vc. % MnO,' and water is obtained by difference  from 100.0%.
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The deposits occur in and around centers of fumerolic hot springs  which

accompanied  submarine  volcanic activity (J. Straczek, personal communica-
tion). Pyroclastic deposits were formed at the same time and are asso-
ciated with the todorokite. This  todorokite was deposited either in
altered basalt  pyroclasts, or along pyroclastic zones intercalated in
foraminiferal oozes now indurated into hard white limestone. Such a
characteristic submarine  volcanic paragenesis is also found in todorokite
deposits in Java and the Phillipines. Subsequent  weathering of todorokite
near the water table in Cuba has produced some alteration to manganite,
while  extensive weathering above the water table has caused todorokite to
be oxidized to pyrolusite. In other localities, todorokite is clearly of

secondary  origin (Frondel et al, 1960a; Larson,  1962).

X-ray diffraction data (Burns and Burns, 1977a) show that considerable
variations exist  between relative intensities of comparable lines  for dif-
ferent  todorokite samples. Faulring (1962) attributed these large intensity
variations, as well as the diffuseness of certain reflections, to preferred
orientation of the fine fibrous crystallites of todorokite from Charco
Redondo. Thus, the most intense lines at 9.65 A and 4.82 A observed when
x-rays  are diffracted parallel to the fiber axis were weak or undetected
for x-rays diffracted perpendicular to the crystallite axis. The most
intense lines in the latter orientation occur at 242 A and 142 A and,
as noted earlier, are not uniqgue to todorokite. Faulring also noted that
manganite  was topotactically intergrown with  the Cuban todorokite she

examined and suggested that the manganite  either  formed simultaneously

with  the todorokite or resulted from the alteration of todorokite during
subsequent  weathering. The coexistence of manganite  and todorokite was
cited as evidence by Giovanoli et al (1971 for  rejecting todorokite as

a valid  mineral.

Chemical analyses  of todorokites in continental deposits (Table 2)
show that manganese ~s present ~n two ox~Yat-on states, Myl gnd MnlV ,
with MnII/MnIV ratios falling in the range 0.15-0.23 (Levinson, 1960;
Frondel et al., 1960a; Straczek et al., 1960; Nambu et al., 1964). Sig-

nificant amounts of Mg are also present, suggesting that  relatively small
divalent Mg2+ and Mn2+ jons are essential constituents of todorokite.

The analyses also show that the larger  cations Ca2+, Na+, and to lesser
extents  K' ,Ba 2 ,and  occas~dnally Ag+ (Radtke et al, 1967) are common



constituents of todorokites. Several  chemical  formulae  have been pro-

posed for todorokite; the one adopted here is (Ca,NaK,BaAqg) (Mg,Mn2+,
Zn) Mng+OI2é3H20.

Most  todorokites in hand specimen consist  of fibrous aggregates of
small  acicular crystals. Electron micrographs (Straczek et al, 1960;

Finkelmann et al, 1972, 1974; Hariya, 1961) reveal that the crystals

consist of narrow lathes or blades elongated along one axis (parallel

to b) and frequently show two perfect cleavages  parallel to the (OOI) and
(I00) planes. Such morphological features are also shown by hollandite-
cryptomelane and romanechite (psilomelane) samples  possessing tunnel
structures, discussed later. Electron diffraction patterns of the Cuban

todorokite (Straczek et al, 1960; Chukhrov et al, 1978c) show pseudo-

hexagonal ~ symmetry with the reciprocal translation along a* being sub-
divided into  four smaller reciprocal translations (Fig. 1l later). In
buserite discussed later  the corresponding translation is subdivided into
three  subcells (Giovanoli, 1979). Recently, Chukhrov et al., 1978c, 1979b)
identified several  todorokite polymorphs from their  electron diffraction
patterns. The patterns reveal  that, in  addition to the standard  Cuban

todorokite with  unit  cell  parameters a =975, b= 284, ¢ =959 A
species with a = 146 and 24.38 A but having identical b (284 A) and

c (959 A) parameters, occur in natural environments. Chukhrov et al.
suggested that as many as five todorokite polymorphs ~ might exist  having
a parameters  which are multiples of 4.88 A.

Buserite. Buserite is synthesized by oxidation of fresh  Mn(OH)2
suspensions in cold aqueous NaOH by molecular oxygen  (Giovanoli et al,
1970a). The syntheses are more successful if  solutions are colder than
I0iC; there is a tendency for hausmannite (Mn304) to form at normal lab-
oratory temperatures. Buserite consists of platelets which  give an electron
diffraction pattern with  pseudohexagonal symmetry and a sub-cell with  triple
periodicity (Giovanoli, 1979). The most prominent lines in x-ray diffrac-
tion  patterns are at 10.-10.2 and 5.0-5.1 A, which are significantly
larger than values measured for marine manganese oxides. A variety of
buserite derivatives can be synthesized by cation  exchange reactions
(Giovanoli et al, 1975b),  the Mg2+, Ni2+, Cu2+, etc., derivatives having
smaller  diagnostic d spacings than the parent sodium buserite. There is
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also  considerable variation of weaker x-ray diffraction lines for the

different buserites (Giovanoli, 1979). The transition-metal derivatives
appear to have greater thermal stability than the Na parent.

Sodium buserite readily decomposes when exposed to air. Drying  over
P40I0 in a vacuum leads to the formation of sodium birnessite, Nad4Mul40274

9H20, which also has a platey morphology and gives an electron diffraction
pattern similar to that of buserite (Giovanoli et al, 1970a). Refluxing
of sodium birnessite with  0.5M HNO3 at 40iC yields sodium-free birnessite,
Mn70|3é5H20 (Giovanoli et al, 1970b), which on careful reduction with
cinnamic  alochol  causes the platelets to break down to extremely thin
needles presumed to be y-MnOOH (Giovanoli et al, 1971). Such observations
on synthetic manganese oxides led Giovanoli et al (1971, 1975, 1979) to
propose that natural todorokites actually consist  of platey buserite almost
wholly ~ decomposed to needles of manganite. According  to this view, the
small amount of buserite in  todorokite accounts  for the characteristic

x-ray diffraction pattern, while a large amount of fibrous, nearly  x-ray
amorphous manganite  accounts  for todorokite's morphology. The proponents
claim to be able to recognize, on the basis of electron microscopy obser-
vations of morphology, y-MnOOH which is undetectable (due to small crystallite
size) by x-ray diffraction. Apparently, the morphology  argument was con-
sidered  stronger than the diffraction evidence, as the electron diffraction
patterns for the hypothetical todorokite decay products do not match those
of the synthetic birnessite decay products. The relevance of the buserite
break-down  products  to natural todorokites has been critically evaluated

by Stockman and Burns (1980).
Birnessite or "7 A Manganite"

Another manganese oxide phase found in marine deposits is that char-

acterized by x-ray diffraction lines at 7.0-73 A and 3536 A. Both
sets of lines must be present to be diagnostic of this phase, because
minerals of the hollandite-cryptomelane, zeolite (e.g.  phillipsite), and

clay-mica groups also have d-spacings around 7 A. The phase with d-spacings

at 7.0-7.2 and 3.5-3.6 A has been correlated with  the non-marine mineral

birnessite (Jones and Milne, 1956; Frondel et al, 1960b) and the synthesis
products  manganous manganite  (Feitknecht and Marti, 1945a,b; Buser et al.,
1954), "7 A manganite" (Buser, 1959) or sodium manganese (II,Il) manganite

(IV)  hydrate (Giovanoli et al, 1970a).

8



Birnessite. Jones and Milne (1956) originally reported  birnessite in

a fluvo-glacial deposit  in  Scotland. Subsequently, birnessite was identi-
fied in other terrestrial deposits (Frondel et al, 1960b; Hariya, 1961;
Levinson, 1962; Sorem and Gunn, 1967; Brown et al., 1971) including desert
varnish (Potter  and Rossman, 1977, 1979a). Reported  occurrences in marine
deposits include  these by Manheim (1965), Woo (1973), Glover  (1977), Chuk-
hrov et al. (1978b, 1979a) and Londsdale et al.  (1979). Representative
chemical analyses of birnessites are summarized in Table 3. The platey
habit  of birnessite observed by scanning electron microscopy of samples
from continental and marine  deposits is distinctive.

Synthetic Birnessite. The product obtained by synthesis, which  was
originally called "manganous manganite" (Feitknecht and Marti, 1945a,b;
Buser et al, 1954), "7 A manganite" (Buser, 1959), and subsequently
sodium manganese  (I1,1Il) manganite  (IV) hydrate  Na4Mnl402749H20  (Giovanoli
et al, 1970a), is formed by controlled dehydration of buserite. This
sodium-rich orthorhombic phase readily undergoes a topotactic transition
to the hexagonal phase manganese (lll) manganate  (IV) hydrate, Mn70|3.5H20

(Giovanoli et al, 1970b).
Vernadite or Delta~Mn02

The phase in marine manganese deposits giving only two diffuse X-ray
lines at 2.40-2.45 A and 1.40-1.42 A has been commonly desig-

diffraction

nated as delta-Mn0, (O-Mn02). Earlier literature reviewed by Burns and
Burns  (I1977a)  regarded o-MnO2 to be a structurally-disordered birnessite.
However, since it has distinctive physical (e.g. very high specific surface
areas) and chemical (e.g. significant Co, Ce and Pb contents) properties,
0-Mn02 is conveniently regarded as a separate  phase in the marine environ-
ment. Recently, however,  Chukhrov et al. (1978a,b) proposed that o-MnO2
be called vernadite. Vernadite ~ was originally named for the x-ray amorphous
to slightly crystalline MnOZéXHZO phase formed by supergene alteration of
rhodonite (Betekhtin, 1937, 1940). Chukhrov et al. (1978a,b) claimed that
the name vernadite takes precedence  over deIta—MnO2 for poorly  crystalline
supergene  hydrated manganese (IV) oxides giving reflections at 24 and 14
A in xray and electron diffraction patterns. The chemical analyses  sum-

marized in Table 3 show that the composition of vernadite is variable, which
is reflected in its proposed formula Mn02am(R20,RO,R203)anH20, where R
Na, Ca, Co, Mn, Fe. It is doubtful whether Fe is present in the vernadite



~In02

‘tno

~a20

C2i

Hgo

"0

Others
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1z.

Note:

Table 3. Chemical Analyses of Birnessites and Vernadites

10 11 12
54.24 66.66 46.47 56.45
80.03 75.80 77.62 78.40 48.98 36.34 35.1 39.3
4.66 16.07 1.09 4.81
1.65 1.05 0.39 2.38 229 1.0] 3.08 3.44 2.15 3.4 5.17
217 0.16 8.67 1.90 2.82 2.04 2.29 11 0.12
0.09 1.80 0.76 1.68 1.44 0.36 0.60 0.24 0.23
0.23 6.20 3.06 4.60 3.48 1.16 2.62 19 0.28
0.14 0.05 0.13 0.25 153 3.41
0.80 0.22 181 0.76 0.95
0.3) 0.15 0.63 0.25
1.32 0.83 5.67 2.08 2,51 1.00 17 Loo
2.88 0.86 0,62 0.12 0.24 2.86 17.16 24.74 10.47 15.6 7.(10
18.92 2.62 0.90 0.06 1.56 1.07 5.35 11.06 0.80 4.1s 1.30
0.28 0.0] 2.00 1.50 15
10.87 10.83 10.02 (10.80)  (13.10) (8.6) (30.4) (29.8) (22.5) 25.44 (20.9) 16.53
1.47 0.30 0)7 0.15 1.5) 7.26
98.99 100.87 98.72  (100.0) (100.0)  (100.0) (100.0) (100.0) (100.0) 100.32  (100.0) 100.15
Birnessite, ~ manganese-rich hardpan in fluvio-glacial gravel deposit, Blmess, Scotland <Jones and Milne, 1956).
Modal analysis of the deposits:  duartz 20.0~ clay 7.34; limonite rutle  0.1".. birnessite  67.4%. Formulated
as (:h0.7Ca0.3'Mn70144248HZO,
Birnessite,  soft fine-grained  black coating on oxidized lenses of manganiferous silicate  and carbonate minerals,
Curaimgtcn, Nassachusetrs (Frondel et 031., 1960b).
Synthetic  birnessite,  sodium manganese (I, ) manganate (IV) hydrate. Na4Mn14027'9HZO (Giovanoli et 031¥ 1970a).
Birnessite,  in micronodules occurring  in foraminiferal  sediments, Gulf of Mexico just south of the northwest tip of
Cuba at.zI03Z';[,  85i4.5'101 (Glover. 1977). Electron microprobe —analysis. Formulated as NaO.46ca0.1ZKO.25Mgl.04Fe0.05
€00.0l ~0.07Cuo 03Mns. 96]13.6 (H20)3. 8'
Birnessite,  Pacific Ocean (Chukhrov et 031., 1978b). Electron microprobe analysis. Formulated as (Nagp 6-0C30 | KO 116)
(Mg, 54100.0052n0.00IF€0.001Mnr-38Z)Mnt000014. 305{HZ0)5.197" 2 .33
Birnessite,  rods in nodules dredged from caldera of Eas. Seamount, East Pacific Rise at 8i48.Z~, 103i53.8".1 (Lonsdale
ee 031, 1979).  Electron microprobe analysis.

Birnessite ("7 A manganlte”), manganese nodule from seamount, south Pacific Ocean, at 16i29'S, 145{J3'W, specimen
DWHD-16(Burns and Fuerstenau, 1966).  Electron microprobe analysis.

Vernadite  (6-Mn0Z)’ manganese nodule from seamount, south Pacific —Ocean, at 16i29'S. 145{))W, specimen DWHD-16

(Burns and Fuerstenau, 1966).  Electron microprobe analysis.

Vernadite  (0-Mn0Z), in hydrothermal mounds on south flank of the Galapagos Rift at 00036'~, 86i04'W (Corliss et 031.
1978).  giectron microprobe analysis.

vernadLte, hydrothermal —deposit, ~Kurchativ fracture,  Pacific Ocean (Chukhrov et 031., 1978a).

Vernadite, manganese nodule, Pacific ~Ocean (Chukhrov et 031., 1978a).  Electron microprobe analyses, average or 90
analyses.

Vernadite, ae, Lepkbe-NeLijn, Lovozero tundra, U.S.S.R. (Chukhrov et al., 1978a).

In analyses 3-9 and Lj, all manganese is reported as vc. % -n02' and water is obtained by difference  from 100.0".
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structure; instead, intimately associated or epitaxial intergrowths of

feroxyhyte, 6'-FeOOH  (Chukhrov et al., 1976a,b;  Burns and Burns, 1975)
probably accounts  for the high iron contents of vernadite. In electron
microscope preparations, leaflets of vernadite have smaller  dimensions
(tens  of Angstroms) than flakes  of birnessite, and vernadite leaflets are

often curved and folded to resemble fibers.

Psilomelane and Romanechite

Although psilomelane was the name given to a specific mineral, the
term psilomelane has been used to describe any black, hard, botryoidal,
unidentifiable manganese oxide mineral, just as wad signifies soft un-
identifiable samples  (Wadsley,  1950b; Fleischer, 1960). Ambiguity over
the use of psilomelane led to the adoption of the name romanechite for the
specific hydrated  barium manganese oxide mineral  formerly called  psilo-
melane. Nevertheless, despite  the fact that psilomelane has been dis-
credited as a mineral name, its use in crystal chemistry lingers on due

to the importance of the psilomelane structure type (Wadsley,  1953). The

two mineral names psilomelane and romanechite are used synonymously through-

out this  chapter. Wadsley (1953)  originally formulated psilomelane (romane-
chit e) as (Ba,H20)2Mn5010 and described the crystal structure as having
monoclinic symmetry. Mukherjee (1959)  suggested  an orthorhombic structure
and a chemical  formula  indicating the presence of OH- ions. The infrared
spectral measurements  of Potter and Rossman (I979b), however,  established

the presence of Ho0 and not OH- in romanechites. The complexity of psilo-
melane  (romanechite) structure types,  suggested  originally by Mouat (1962),
and ~onfirmed recently by high resolution transmission electron microscopy
(Turner  and Buseck, 1979a), indicates that the psilomelane-romanechite

nomenclature may have to be revised again.
Manganite

Manganite, y-MnOOH, is one of three oxide hydroxide polymorphs  of
trivalent manganese and should not be confused with  synthetic "0 A man-
ganite" (buserite) and "7 A manganite" (birnessite). Manganite  commonly
forms by replacement of Mn2+-bearing carbonate  and silicate minerals, and
frequently transforms topotactically to pyrolusite (S-Mn02) (Champness,
1971). As noted earlier, it may be synthesized by reducing  acid-treated
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synthetic birnessite with  cinnamic  alcohol (Giovanoli et al, 1971). Man-
ganite  also eventually forms by the aging of aerated Mn304 and y-MnOOH
suspensions precipitated from aqueous Mn2+ in alkaline solutions at 25jC.
Such synthetic manganites  consist  of very small elongated needles which

give poor x-ray diffraction patterns.

CRYSTAL STRUCTURESAND STRUCTURAL CORRELATIONS

Although  the crystal structures of most of the manganese oxides listed
in Table 1 are known, there are some important exceptions particularly for
minerals  widely  distributed in the marine environment. Thus, crystal
structures are unknown or have not been solved completely for  todorokite,
birnessite and vernadite because these minerals are too fine grained for
single  crystal X-ray  structure refinements. Attempts  have been made to
model the structures of these cryptocrystalline minerals, and the suggested
structures hinge upon structural correlations with  simpler, non-marine  man-

ganese oxides.

The fundamental structural unit in manganese (IV) oxides is the
[Mn|V06] octahedron, in which  Mn4+ ions with their [A]3d3 electronic con-
figuration acquire  exceptionally high  crystal field stabilization energy
(Burns,  1970). The basic [Mn06] octahedra  in manganese oxide mineralogy
are linked by corner-sharing and edge-sharing to give a variety of chain,
tunnel and layer structures. Analogies  exist in silicate mineralogy ~ where
the basic [Si04] tetrahedra may be connected by corner-sharing only of the
tetrahedral units to form chain, ring, framework, and layer structures.

Edge-sharing of [MnOG] octahedra  and the close proximity of Mn4+ ions to

one another may induce structural instabilities and cryptocrystallinity of
manganese oxide minerals. Added complexities in the manganese oxides arise
from ordered and random vacancies in, and domain structures and non-periodic
intergrowths of, the linked [Mn06] octahedral units. These and other fea-
tures are highlighted in the following descriptions of the crystal structures.
Chain  Structures: The Ino-Manganate (IV)  Oxides

Pyrolusite. Pyrolusite (S-Mn02) is pivotal in descriptions of the
crystal structures of manganese oxides. It has the rutile (Tiop)  structure

in which every metal atom is surrounded by six oxygen atoms located at the
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between the OR groups in edge-shared octahedra  in one chain and the apical
(corner-shared) oxygens belonging to adjacent chains. The pronounced (0lo)
and (l0) cleavages  resulting from hydrogen bonding cause manganite to

have prismatic or acicular habits.

Ramsdellite. Ramsdellite (Mn02) contains  double chains of linked
[Mn0J octahedra (Bystrom, 1949). The octahedra are again linked together
by sharing  opposite edges, producing continuous pyrolusite-like chains
along the c axis. Two such chains are cross-linked by edge-sharing, one
chain being  translated by 12 c relative to the other so that an octa-

hedron from one chain shares edges with each of two octahedra  from the

other  chain. The double chains of linked octahedra  are further Cross-
linked to adjacent double chains through  corner-sharing of oxygen atoms to
give  orthorhombic symmetry and acicular habit to ramsdellite. These
features are illustrated in Figure 2. All octahedra have identical con-
figurations with an average Mn-O distance of 1.89 A

Nsutite. An important precedent is set in Mn (IV) oxide mineralogy
by the nsutite or y-MnO2 group, which  consists of irregular structural
intergrowths between  pyrolusite and ramsdellite units  (de Wolff, 1959;
Giovanoli et al, 1967). The alternating c axis chain segments of the
basic single and double octahedral chains  shown schematically in Figure 3
are random, so that no regular  periodicity or superstructure is apparent.
The lattice disorder causes nsutites and synthetic y-MnO2 phases to have
extensive defects, vacancies, and non-stoichiometry. These factors, to-
gether with the small crystallite sizes of natural and synthetic phases
therefore give rise to a variety of x-ray powder diffraction lines, as
well as the frequently observed asymmetric  and selective line  broadening
for nsutites. Electrolytically-deposited E-MnOZ' which  consists of a
hexagonal  close-packed lattice of 02- jons analogous to those of pyrolusite

and nsutite, differs from 8-Mn02 and y-MnO2 by having Mn4+ ions randomly

distributed over the octahedral interstices (de Wolff et al., 1978). The
existence of domains of pyrolusite and ramsdellite structural units in
natural and synthetic y-MnOZ and E-MnO2 is extremely significant in  marine
manganese oxide mineralogy because analogous  non-periodic domain  structures
may occur in the todorokite and birnessite phases, as well as hollandite-

romanechite assemblages, discussed later.
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(c)

FIGURE 2. The ramsdellite structure. (a) Projection on to (001); open circles, atoms at level 1/4c; shaded circles,
atoms at level 3/4c (after Bystrom 1949)a (b) A double-chain of [MrrOs] octahedra running along c (after

Bystrom 1949)a (c) The double-chains of edge-shared [MrrOj] octahedra parallel to c¢ (after Clark 1972).
o., Mn; 0 ., O.

representative

pyrolusite ramsdellite

Figure 3.  Idealized structure of nsutite showing irregular alterna-

tions  of ramsdellite domains linked by pyrolusite domains  (from  Potter
and Rossman, 1979b).
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FiGuRe 4. The hollandite structure-type. (a) The structure of hollandite projected onto (001); open circles,
atoms at zero level; shaded circles, atoms at levelll2c  (after Bystrom & Bystrom 1950). (b) The framework
structure of hollandite, showing tunnels between double-chains of edge-shared [MnO.l octahedra parallel
to ¢ (after Clark 1972).0e, Mn; O .,0O; @ <) Ba, K, Pb, Na, or H,0.

Ring, Framework or Tunnel  Structures: The Cyclo- or Tekto-Manganate

(IV)  Oxides

Hollandite, etc. Minerals of the cryptomelane-hollandite or a-MnO2
group have structures based on that of ramsdellite (Bystrom  and Bystrom,
1950, 1951). The hollandite structure, which is  depicted in  Figure 4,
again  contains infinite double chains of edge-shared [Mn06] octahedra.

In hollandite minerals with  tetragonal symmetry,  these chains extend along
the c axis; whereas, in  varieties with  monoclinic symmetry the b axis

becomes the chain direction. The octahedra of the double chains share
corners  with  adjacent double chains to give a three-dimensional framework
(Figure  4). This produces a large cavity which accommodates H20 as well

as Ba2+ (hollandite), K+ (cryptomelane), Pb2+ (coronadite) or Nat+ (manji-
roite). Each large cation is surrounded by eight oxygen atoms situated at
the corners of a slightly distorted cube (in hollandite, the Ba-O distances
are 274 A to these eight oxygens) and by four other oxygens (Ba-O = 3.31 A)

at the corners of a square at the same level along the c axis of tetragonal

varieties as the large cation. The c dimension, 2.86 A, again represents
the Mn-Mn internuclear distance. Disordering of Ba2+, K+, HZO’ etc.  occurs
in the cavities which are probably less than half-filled; otherwise, un-

favorable cat~6h  repuls~ons would occur when Ba2+-Ba 2+,K +-K+, etc., pa~Ts

are as close as 2.86 A (Bystrom and Bystrom, 1951). However,  significant
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+
amounts of Hp0, K , etc, are necessary to prevent collapse of the struc-
ture  of synthetic a-Mn0,  (Butler and Thirsk, 1952);  otherwise, submicro-

heterogeneities are formed in which regions  of pyrolusite and ramsdellite
are interdispersed and coexist  with regions  of a—MnO2 in the same crystals.
Natural cryptomelanes and hollandites, however, appear to be stable to
quite  high temperatures because they retain their  Ba+ and K+ ions.

A significant property of the sieve-like hollandite structure is that
it displays pronounced  cation  exchange properties, which may be an impor-
tant  feature noted later  when considering metal uptake by minerals in  marine
sediments. Furthermore, in order to maintain a charge balance in the struc-

ture  accommodating the large exchangeable Ba2+, K+, Pb%+ and Na+ cations,

the linked [Mn06J octahedra in the double chains must contain  some OH

groups,  cation  vacancies, or a proportion of the manganese in oxidation

states (e.0. MnII ,Mn i ) lower than MnIV. The latter feature is suggested

by the average metal-oxygen distance of the [Mn06] octahedra  being 198 A

in the hollandite structure, which is  significantly larger  than the mean
Mn-O distances in  pyrolusite (.88 A) and ramsdellite (.89 A). The non-
stoichiometry and local charge balancing by large cations in the tunnels
and voids of vacancies or Mn2+, Mn3+, etc,, in the [Mn06] octahedra  again
are significant factors ~ which may contribute to the fractionation of minor
elements  in hollandite-like phases in marine sediments (Burns and Burns,

1977h).

Romanechite ¥ Romanechite  (psilomelane) has a structure related  to
that of hollandite (Wadsley,  1953). It consists of treble chains of [Mn0 ]
octahedra linked by double (ramsdellite-like) chains to form a series of 6
tunnels  or tubes running along the b axis, as illustrated in Figure 5.

The b dimension (2.88 A) of the psilomelane structure corresponds, there-
fore, to the c dimension of pyrolusite, ramsdellite and tetragonal hollan-

dite-cryptomelane. The large tunnels are again occupied by Ba2+, K+, H20,

etc., so that the psilomelane structure resembles  the hollandite structure

to which it breaks down at high temperatures. Psilomelane also has cation

exchange properties and requires some of the manganese to be in oxidation

states  lower than MnIV in order to balance the charge of the exchangeable

cations (Ba2+, K+). The psilomelane structure differs from those of pyro-
lusite, ramsdellite, and hollandite by having three distinct octahedral

sites. Two of them (the Ml and M3 sites shown in Figure 5) each have
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average metal-oxygen distances of 191 A/ which is significantly smaller
than that (.99 A) of the third site (designated M2), indicating that the

M2 site is the one enriched in the lower valance cations. These M2 sites
of psilomelane figure prominently in recent hypothesis on the mechanism
of uptake of Ni2+, Cu2+, etc., into  the todorokite phase in deep-sea man-

ganese nodules (Burns and Burns, 1977b).

Note that the structures of psilomelane and hollandite show that al-
though the minerals have tunnels  of differing widths  in one dimension, the
tunnel  widths  are identical in the other dimension. This  similarity of

FIGURE 5.The psilomelane structure (after Wadsley 1953). (a) Projection on to (010), showing four linked tunnels.

The unit cell is shown by broken lines. Open circles, atoms at zero level; shaded circles, atoms at levell/2b.
o,€e Mn; O e, O; @ 0, Ba, K, or HO. (h) A lfeble-chain of[MnO.1 octahedra parallel to the b axis.
() The 3 x 2 tunnels  between chains of edge-shared LMn06J octahedra

(from Potter and Rossman, 1979b).
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tunnels  in one dimension  theoretically permits  intergrowth of the two
phases (Wadsley, 1964), by analogy with the pyrolusite and ramsdellite
domains found in y-MnO, (nsutite) and E-MnO2 (Figure  3). Recently, high

resolution transmission electron microscopy (HRTEM) of fibrous manganese
oxide minerals has revealed complex intergrowths in the tunnel structures
of psilomelane and hollandite (Turner  and Buseck,  1979). These inter-
growths  shown in Figure 6 do not appear to order periodically, and isolated
structures with  widths  greater  than the treble chains of psilomelane have
been observed. These and more recent observations (Turner  and Buseck,
1981) are particularly relevant to postulated structures of todorokite

(Burns and Burns, 1977b; Stockman and Burns, 1980).
Layer  Structures: The Phyllo-Manganate (IvV) Oxides

Chalcophanite. Manganese (V) oxides with layered  structures play
a prominent  role in deductions of the structures of certain marine  man-
ganese oxides. One of the structural models for these phyllomanganates is
chalcophanite (Zn2Mn60I246H20), the structure of which is illustrated in
Figure 7. The chalcophanite structure (Wadsley,  1955) consists of layers
of edge-shared [MnOg] octahedra  and single  sheets of water molecules  between
which the Zn + ions are located. The stacking sequence along the c axis is
thus: -0-Mn-0-Zn-H50-Zn-0-Mn-0, and the perpendicular distance  between
consecutive [MnOg]  octahedral layers is about 7.6 A. The water molecules
are grouped in open double hexagonal rings, while vacancies exist in the
layers  of linked [MnOg]  octahedra, so that one out of every seven octahedral
sites is unoccupied by manganese. Each [Mn06] octahedron shares edges with
five  neighboring octahedra  and is adjacent to a vacancy. The ordered
vacancies in the chalcophanite structure are reflected in the hexagonal
net of less intense reflections observed in electron diffraction patterns
of platelets corresponding to the (OOIl) plane (Chukhrov et al., 1978b,
1979a).

Of particular significance is the location of the Zn?+ ions which are
situated above and below the vacancies in the manganese layers &and are co-

ordinated to three oxygens of each vacant octahedron in the [Mp06] octa-

hedral  layer. Each Zn2+ ion completes its  coordination with  three water
molecules in the Ho0 sheet so as to form an irregular six-coordination
polyhedron. The chemical  compositions of natural chalcophanites differ
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F[GURE 7. The cnarcopbanite structure (after Wadslcy [955). (a) Projection along the b axis. Vacancies in the

Mn layers define the rhombus unit cell. Note that one out of every seven Mu positions is a vacancy. (b)
layer viewed normal to the basal plane. The vacant octahedral sites at the origin

The edge-shared ['vInOg
the plane of the Mn atoms. Note that each 1\lnatom is adjacent

are at the corners of a rhombus outlining
to a vacancy.

from the ideal formula, zn;+Mn~+0l246H20. Not only is the

significantly
there is a deficiency of Mn4+ ions and the

water  content  variable, but
of cations (Zn, Mn, etc) usually exceeds eight per formula unit.
2, and Mn3+ ions replace  Mn4+ in the

number
These trends indicate that some Mn

linked  octahedra, accounting for the larger average Mn-O distance  of

1.9S A (compared with 1SS A in pyrolusite). Additional cations  also

occur in interstitial positions between the HZO sheets and oxygens of

the  [MnQg] layers. Such observations have been used to model the struc-
tures  of birnessite and buserite.

Some of the important features dis-

played by the chalcophanite structure occur also in the synthetic phases
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CdZMn308and Mn§+Mn§+08 whith  possess layer  structures (Oswald and
Wampetich, 1967). There are vacancies in the layers of edge-shared

[Mn06] octahedra  containing Mn4+ ions (average Mn4+-0 = .87 A). The
MnZ+ and Cd2+ lie above and below the empty MnIV sites and are six-
coordinated by oxygens forming a distorted trigonal prism  (average Mn2+_0

220 A).

Lithiophorite. Lithiophorite also has a layer structure (Wadsley,

1952) in which layers of edge-shared [Mn06] octahedra  alternate with

layers  of [(Al,Li)(OH)6] octahedra. The stacked sequence along the c
axis is: -O-Mn-0O-OH-(Al,Li)-OH-O-Mn-0O, and two consecutive [Mn06] layers
are about 9.5 A apart. Vacancies do not occur in the sheets of linked
[Mn06] octahedra, nor in the [(Al,Li)(OH)6] octahedral layer. However,
some substitution of Mn2+ for Mn4+ in the [Mn06] layers is required to
maintain charge balance. Recent x-ray and electron diffraction studies
of a synthetic stoichiometric lithiophorite (Giovanoli et al, 1973) have

led to the formulation [(Mn~+Mn2+0l2)2-(Al4Li2(OH)I2)+2].

Deductions on the Birnessite Structure

Although  the crystal structure of birnessite has not been determined,
information has been derived from electron diffraction measurements  of
synthetic compounds  (Giovanoli et al, 1969, 1970a,b;  Giovanoli and
Stahli, 1970) and natural phases (Chukhrov et al, 1978b, 1979a). The
birnessite structure shown schematically in Figure 8 contains layers  of

edge-shared [Mn06] octahedra  separated by about 7.2 A along the c axis,
which enclose  sheets of HZO molecules by analogy with chalcophanite.
However, in sodium birnessite, Na4Mnl402749H20, one out of six octahedral

sites in the layer of linked [Mn06] is unoccupied (compared with  one out

of seven for chalcophanite). The vacant Mn4+ sites are distributed
according to different patterns for adjacent [Mn06] octahedral layers,
resulting in a two-layer orthorhombic cell with periodicity c = 1426 A

The Mn2+ and Mn3+ ions are arranged  above and below the vacancies in the

octahedral layers and are bonded with oxygens in both the [MnOg] layer
and the sheet of HZO molecules. The positions of the sodium ions is
uncertain. The electron diffraction pattern of Na4Mnl402749H20  reflects

the ordered vacancies in the [Mn06] layers, for separate  networks  of weak

and strong  reflections can be distinguished.

22



¥¥x ¥YY¥YY¥Y¥x ¥Yyyyy
@ ¥¥¥¥¥X-~¥,¥¥¥x¥

¥ ¥ ¥ «x v x ¥

¥ | : ¥ ¥ ¥

x ¥ ¥ ¥ ¥ a}é ¥ ¥ x

¥ ¥ ¥ ¥ ¥ ¥ ¥ ¥ ¥ ¥ ¥
y ¥ ¥ ¥ < ¥ ¥ ¥

¥¥¥¥¥X 4 ¥ x ¥ ¥
¥ ¥ x ¥ ¥ ¥ ¥ ¥ .~ ¥ ¥ ¥ ¥

¥ ¥ ¥ ¥ ¥ x ¥ ¥ ¥ ¥ ¥ x ¥

¥¥¥x¥¥¥¥¥x¥¥¥¥
O ¥ v vy v, ¥ ¥ ¥ ¥ ¥ x ¥y
XYY ¥, T Y Y Y ¥y
¥ x ¥ v YY" Y yyyy
¥ ¥¥ < YYY¥' X ¥YYyy
¥¥¥¥ééééééaéa'x¥ ¥¥¥¥X ¥¥
x ¥ ¥ ¥Y¥YY¥Y ¥ ¥YY¥Y«Y¥
¥x ¥YY¥Y¥VUy o yyyy
¥¥ ¥ ¥¥YYY¥Y¥ ¥Yyyy

¥ ¥Y¥YYYY, ¥Y¥YY¥Yy

© ¥¥¥¥¥, A, Y yyy,.
¥y y casay ¥ ¥« ¥ Yy

x ¥ ¥ ¥y ¥ ¥ ¥ ¥Y¥y
¥ ¥ ¥ ¥ ¥ ¥ ¥¥Y ¥ ¥

¥ ¥« ¥YY¥YYy¥yx ¥Yyy
« ¥ ¥ ¥¥YYx ¥YYYYyY
¥¥¥¥x ¥YYY¥Y¥YYY¥ vy
¥ ¥ ¥¥¥YY¥x ¥Yyy

Figure 8.  Projections of the structure proposed for synthetic
birnessite, Na4Mn1402749H20 (after Giovanoli et al, 1970a,b).
The projections show Mn atoms only in the basal planes at zero
level (@) and at about 7.2 A along c (b). The different locations
of vacancies in levels A and B necessitate doubling  of the c¢
parameter. A comparable  projection for chalcophanite is  shown

for reference (c).
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The structure of sodium-free birnessite, Mn70|3éSH20, is again re-

lated to those of chalcophanite and sodium birnessite (Giovanoli et al,
1970b). However,  vacancies are disordered in the [Mn06] layers, leading
to a hexagonal cell with periodicity ¢ =727 A The iregular positions
of the vacancies in the octahedral layers and of the associated interlayer
cations  above and below these vacancies are responsible for the absence of
a network  of weak reflections in electron diffraction patterns of Mn70|3é

SHZO and most natural birnessites.
Deductions on the Vernadite Structure

The structure of poorly  crystalline o-MnO2 or vernadite has commonly
been regarded to be a disordered birnessite in which there is no periodic
stacking along the c axis of the edge-shared [Mn06] octahedra. However,
the smaller  particle size of o-MnO2 (indicated by its high specific surface
area, typically 300 m2gm-l compared with  30-40 ngm-l for  synthetic bir-
nessite (Buser and Graf, 19S5), causes it to have different chemical
properties. Chukhrov et al. (197Sa,b) used electron microscope techniques
to distinguish vernadite from birnessite. By inclining leaflets of ver-
nadite  with respect to the electron beam, reflections with d = 21S-2.20 A,
corresponding to the (IOl) plane, were observed, which led to an approximate
c parameter  of 4.7 A, differing from those of birnessite. This  dimension
corresponds to the width of two layers of close-packed oxygens.

The vernadite structure is thus represented as a two-layer hexagonal

packing of oxygen atoms and water molecules in which the octahedra  are

statistically, but a little less than half, filled by tetravalent man-

ganese. The extent of filling is apparently determined by the contents
. + + 2+ 2+ 3+

of water and other catlons such as Na , K ,Ca ,Mg ,Co .etc.

Deductions on the Buserite Structure

Structu'ral models for buserite ("lO A manganite") have been based on
its  crystal morphology ~ and the proposed mechanism for its synthesis. Since
buserite is  synthesized by oxidation of aqueous Mn(OH)2 suspensions in
NaOH, it was suggested (Feitknecht and Marti, 1945a; Buser et al, 19S4)
that  buserite and Mn(OH)2 have related structures. Pyrochroite (Mn(OH)2)
has the brucite structure and consists of layers of edge-shared [Mn(OH)6]
octahedra in which each octahedron shares edges with six neighboring octa-
hedra to form a two-dimensional layer. By analogy with lithiophorite the
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buserite structure was proposed to consist of oxidized layers of [Mn'VOG]

octahedra interspersed with  layers of relatively unoxidized [Mn”(OH,H 20)2]‘
giving the prominent basal reflections around 10 A and b5Ain x-ray  powder
diffraction patterns. Electron microscopy photographs of synthetic
buserite also indicate that it has a layer structure like  birnessite to
which  buserite readily dehydrates (Giovanoli et al., 1970a,b, 1971, 1975).
The similarity of electron diffraction patterns of (OOIl) planes of birnes-
site  and buserite indicate that vacancy distributions are similar in the
layers of edge-shared [Mn06] octahedra. The Na+ and Mn2+ ions in buserite
are again  postulated to be located adjacent to the vacancies, and to be
exchangeable by smaller catlOns such as CuH,Nl 'H,Co H,Zn H,Mg H,etc.,
leading to contraction of the structure (Giovanoli, 1979).
Deductions on the Todorokite Structure

A structural model for  todorokite has also been inferred from its
crystal morphology and cleavage properties (Burns  and Burns, 1977b): It
was noted that minerals of the hollandite-cryptomelane and psilomelane
(romanechite) groups also have fibrous or acicular habits and two perfect
cleavages parallel to the fiber axis, as do a variety of Ti (IV) oxides.
Since these phases possess tunnel structures consisting of double and
treble chains  of edge-shared [Mn06] octahedra (see Figs. 4 and 5,) todo-
rokite was proposed to have a tunnel structure based on chains of multiple
edge-shared [Mn06] octahedra extending along its b axis. The correlation
is  further borne out when comparisons are made between cell parameters of
todorokite, psilomelane, and hollandite-group minerals summarized in
Table | Furthermore, todorokite like psilomelane contains essential Mn2+
ions, suggesting that these and other divalent cations of comparable ionic
radii Gg. wmg2t & 2+ N2+ £ 2+ £ 24) mght be locate 9 1n speci fic POsi-
tions in the chains of edge-shared [Mn06] octahedra (compare the M2 site
of psilomelane, Fig. 5). The larger Ca2+, Na+ and related Group | and 1l
catl0ns (K+,Ag+,Ba 2 ,Sr 2+'), together with H20 molecules, were envlsaged to
occupy the large tunnels of a zeolite-like psilomelane-type structure pro-
posed for todorokite. Further modelling of the structure of todorokite is

discussed by Turner and Buseck  (198l).
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Information from Infrared Spectroscopy

Some of the problems of identification and structural correlations
involving disordered and finely particulate manganese oxides have been
clarified by infrared spectroscopy (Potter  and Rossman, 1977, 1979a,b).

In a study of numerous natural and synthetic Mn oxides, Potter and Rossman
(1979b)  demonstrated that it might be possible to distinguish between  dif-

ferent [Mn06] structural groups by their  spectral profiles in the mid-
infrared region. They have shown, for example, that the proposed layer
structure of birnessite is supported by its infrared spectrum, and have
confirmed  the identity of natural birnessite with its  synthetic analogues.
The infrared spectra  also show that synthetic buserite and birnessite have
analogous  structures, the shift  from the 10 A to 7 A spacing in Xx-ray
diffraction patterns being the result of water loss alone rather than a
structural rearrangement of the [Mn06] framework.

The infrared spectra  of natural todorokites indicate that this  mineral

is not analogous to any synthetic phases, including buserite and its deri-

vatives, or to any decomposition products  of buserite such as birnessite
and manganite. The todorokite spectra  are consistent with  either  a layer
structure of linked [Mn06] octahedra  containing vacancies, or a highly

polymerized chain or tunnel structure with  quadruple  chains  (Potter  and
Rossman, 1979b), such as that observed in the high resolution transmission

electron microscope studies  of Turner and Buseck (1979,  1981).
Information from X-ray Absorption Spectroscopy

Results  of extended x-ray absorption fine  structure (EXAFS) measure-

ments of synthetic manganese (IV) oxides have been described by Arrhenius

et al. (1979) and Crane (1979). They support the structure model proposed
by Giovanoli et al. (1970a) for synthetic birnessite based on Wadsley's
(1953)  chalcophanite structure. Divalent catons of Cu, Ni, Co and Zn are
located  directly above and below vacancies in the edge-shared [Mn06] octa-
hedral  sheets, these near-vacancy sites  being labelled as R-sites. The
EXAFS measurements  have yielded details of the coordination environment
about the R-sites, which are shown in Figure 9. The divalent cation

(Cu2+ in Fig. 9) situated above an Mn4+-site vacancy is closer to three

oxygens of the [Mn06] layer than to three water molecules of the intermediate

layer  (cf. Fig. 9). The EXAFS measurements show that R-site  cations are
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Fi~ure 9.  The birnessite structure in the vicinity of a substituent
Cu + ion. The top view is a (OOIl) projection; the side view is per-
pendicular to the top view (from Arhenius et al,  1979).

bound in the birnessite structure and not randomly adsorbed on external
surfaces of the microcrystallites

Slm”lélil’ R-type sltes are found in Co2+ and CuzJ.r buserltes, although
the nearest  neighbor distances vary for each cation. Moreover, the EXAFS
results indicate that  buserite has in addition a larger, more regular
octahedral site, designated as A-sites, located  between sheets of water
molecules of oxygen atoms. The A-sites are occupied  preferentially by
large  10ns such as Ca2+,Na, * H30+, etc. (Crane, 1979). The A-sltés are
also accessible to smaller  cations, and the EXAFS spectra  show that this

site  deforms  considerably to accommodate ions of different sizes.
THERMODYNAMIC PROPERTIES

Gibbs free energy data for the higher oxides of manganese have been
assembled by Bricker (1965), Crerar and Barnes (1974), Crerar et al.  (1979)
and Hem (1978). Most of the data are for pure, well-crystallized, stoi-

chiometric anhydrous  manganese oxides not encountered in the marine
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environment. The occurrence of cryptocrystalline vernadite, birnessite

and todorokite in seawater  deposits suggests that these phases may have
lower nucleation energies or lower free energies than the more crystalline
oxides. However,  structural features described earlier, such as defects,
essential vacancies, extensive solid  solution, cation  exchange properties,
cryptocrystallinity, and variable hydration, renders the marine manganese
oxides intrinsically impure or heterogeneous phases, so that the acquisi-
tion of accurate  thermodynamic data for them is virtually impossible.
Nevertheless, some Eh and free energy values have been derived for syn-

thetic birnessite or o-MnO2 (Bricker, 1965) and buserite (Jeffries and
Stumm, 1976), from which the ~-pH diagram Iillustrated in Figure 10 has
been compiled (Crerar and Barnes, 1974).

The thermodynamic data suggest that Mn (IV) oxides are supersaturated
relative to the oxygen content of normal seawater (Crerar et al, 1979).

For example, the Gibbs free energy for the reaction
M2t + 1202(g)  + 20H + o-Mn0, + H,0 n

is -7 keal mole’ at P02 = 108 2 atoms, pH = 8., [fih =107 m, and
T = 25jC. Since manganese must be oxidized from the MnII to MnIV state,
its  precipitation from seawater is ~ dependent. Using data for the half-

cell  reactions (Bricker, 1965; Jeffries and Stumm, 1976):

MnZ* + 2H,0 + V-MnO, + aH® + 2e; El = 1203 v [2J

Figure 10.  Eh-pH relations of the
system Mn-H20 for 25;C, 1 atmo~~here,
showing  stability fields of Mn py-

f o rolusite, manganite, hausmannite, and

5 pyrochroite, and the metastable boundary
birnessite-manganite. Metastable phases
are_ shown in parentheses. Dissolved

oc MnZ+ exceeds O mto the left of the
oxide  solubility contours (from  Crerar

and Barnes, 1974).

04

pH+
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or

[3J
The calculated solubilities of O-MnO2 or buserite over the Eh range 0.20-
0.45v  characteristic of seawater exceeds the 12 ppb measured concentra-
tion of Mn by many orders of magnitude (Crerar et al, 1979). Thus, Mn
(IV) oxides are apparently undersaturated relative to the ~, but super-
saturated relative to the pH, of seawater.

One solution to this dilemma may be that kinetic factors also play an
impo'rtant role  in the formation and preservation of marine  oxides. The
rate  of oxidation of Mn2+ is  proportional to pH, temperature, oxygen pres-
sure, and concentrations of solid and dissolved manganese, and follows the

rate law (Stumm and Morgan, 1970),

2
_ 2 2\ n2
- dMn +J =k . [Mn“+d + k POZ[OH-J [Mn2+J[MnO 2J [4J

lbis  equation indicates that the rate of autocatalytic oxidation increases
by a factor  of IOO per unit increase in pH. However, even at the pH of
seawater, the oxidation of Mn2+ is extremely slow; equation 4 predicts
that roughly 103 vyears would be required to autocatalytically oxidize 90%
of the manganese dissolved in seawater. This  figure, however,  approximates
closely the mean residence time of manganese in the oceans (Crerar et al,
1979) ¥

A three-step reaction has been proposed for the autocatalytic oxida-
tion of manganese( Stumm and Morgan, 1970):

2+
Mo+ 202 SIOW

MnO0,, [5
2+ fast .
Mn™ + Mno, - Mn(l1) aMnO2 [63
slow
Mn(II).MnO2 + 11202 - 2Mn02 [73
Here, equation 5 triggers the following reactions, equation 6 represents
surface  adsorption of Mn2+, and equation 7 (the oxidation of adsorbed Mn2+)

is ultimately rate  determining.
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OCCURRENCESN THE MARINE ENVIRONMENT

Todorokite, "IO A Manganite," or Buserite

The manganese oxide phase giving  characteristic x-ray diffraction

lines at 9.5-9.8 and 4.8-49 A has long been recognized as a common con-

stituent of manganese nodules (Buser and Grutter, 1956; Grutter  and Buser,
1957). The literature abounds with  reported occurrences of todorokite or
"l0 A manganite" in nodules from both abyssal and near-shore environments

(see reviews by Burns and Burns, 1977a, 1979). The todorokite polymorph
has not wusually been specified, but Chukhrov et al. (1978c, 1979b) using
electron diffraction techniques have identified trillings of the polymorph
having a = 146 A in iron-manganese concretions from the Pacific seafloor.
This  material is illustrated in Figure Il Chukhrov et al. (I979a) have
also commented on the fact that no satisfactory data exist for the natural
occurrence of phases analogous to synthetic buserites.

Deep-sea manganese nodules, particularly those from the north equa-

torial Pacific and Indian  Oceans, are strongly enriched in Ni, Cu, Co and

Zn by factors of 104_106 over their average concentrations in seawater,
seafloor basalts, and pelagic  sediments  (Mero, 1965; Margolis and Burns,
1976). The relatively high  concentrations of Ni and Cu in these nodules
are dramatically demonstrated by electron microprobe analyses  across
sectioned nodules which reveal bands of todorokite a few microns in

diameter  containing up to 4-5% Ni and 3-4% Cu (Burns and Burns, 1978a).

The chemical  analysis of one such band is listed in Table 2 (analysis 8).

Such high concentrations may be attributable to atomic  substitution of
Ni2+ and Cu2+ for Mn2+ in the todorokite structure. Observations by
scanning  electron microscopy, SEM, such as those illustrated in  Figure 12
(Burns and Burns, 1978a,b,c), suggest that post-depositional recrystal-
lization processes lead to the formation of authigenic todorokite inside
marine  manganese nodules. Phillipsite and todorokite assemblages  line

cavities and voids adjacent to areas where extensive leaching of biogenic
siliceous debris  has occurred. Clusters of todorokite crystallites con-
taining significant Ni and Cu concentrations fill fissures, line cavities,
coat biogenic debris, and infill voids  where biogenic debris  once occurred
in interiors of nodules. The source of the Ni and Cu appears to be of

biological origin (Sclater et al, 1976; Boyle et al, 1977).
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Figure 11. Electron microscope observations of todorokites (a); (b) todorokite
from Charco Redondo, Cuba, with a = 975 A (V. M. Burns, unpublished data); (c)

trillings of todorokite with a = 146 A from iron-manganese concretions from the
Pacific sea floor; (d),(e) electron diffraction patterns of the Cuban todorokite
and the treble intergrowths of the todorokite from iron-manganese concretions,
respectively. [Figures c-e inclusive were  provided by F. V. Chukhrov (see

Chukhrov et ai, 1978c, 1979b).]
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Figure 12 (this page and opposite). Authigenic todorokite

side manganese  nodules. (a),(b) Phillipsite and todorokite

a cavity created by dissolution of biogenous debris;
site  crystal and meshwork of todorokite crystallites
meshwork  of todorokite lining a vug inside a nodule;

(©).(d)
inside

@.(h)

tallites coating biogenous debris  entombed inside a nodule

Burns, 1978c).

Figure 13. SEM photographs of platelets of birnessite

(from  Woo, 1973). Bar scale  (lower left): 1 micron.

Figure 14. SEM photograph
of radiating rods of hir-
nessite crystallites from
a submarine hydrothermal

deposit (from V. M. Burns
in Lonsdale et al., 1979).
Bar scale: 10 microns.
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Todorokite has also been identified in ferromanganese crusts  near

oceanic  spreading centers, adjacent  to fracture zones, and in metalli-
ferous  sediments (see review by Burns and Burns, 1979). These todorokites
tend to have significantly lower  concentrations of Ni and Cu (compare
analyses IO and Il in Table 2) than deep-sea manganese nodules which is
attributed to the faster growth rates of the hydrothermal deposits.
Birnessite or "7 A Manganite"

The birnessite or "7 A manganite" phase, characterized by x-ray dif-
fraction lines at 7.0-7.3 and 3.5-3.6 A, has also been reported in several
manganese nodules  (see reviews by Burns and Burns, 1977a, 1979). It ap-

pears to predominate in nodules from topographic highs, such as ridges and
seamounts in the open ocean (Barnes, 1967; Lonsdale and Spiess, 1978).
Particularly well-crystallized birnessite platelets have been identified

in microconcretions from marine  sediments (Woo, 1973; Glover, 1977,

Chukhrov et al., 1978b)  (Figure  I3). They appear to be the hexagonal

polymorph. However, electron diffraction measurements  of micronodules
in  coccolith oozes (Chukhrov et al, 1979a,c) have revealed the presence
of several calcium-rich birnessite polymorphs  having cell parameters
analogous to those of the synthetic orthorhombic sodium  birnessite and
hexagonal  sodium-free birnessite (Giovanoli et al, 1970a,b).

Birnessite is frequently a major constituent of hydrothermal ferro-

manganese oxide crusts  adjacent to oceanic  spreading centers and fracture

zones, and also on flanks and calderas of submarine volcanoes (see review

by Burns and Burns, 1979). The morphology  of the birnessite in a hydro-

thermal  deposit from the caldera  of one such seamount on the East Pacific

Rise is distinctive. The birnessite is seen by scanning electron micros-

copy to consist of radiating rods (Fig. 14) with crystallites coating  the
surface  of solid rods (Lonsdale et al, 1979).

Vernadite or o-MnO2

The fact that many marine manganese deposits  frequently give feature-
less x-ray diffraction patterns or broad, diffuse reflections around 2.4
A and 14 A is indicative that  vernadite or o-MnO2 is an abundant con-
stituent. Indeed, Chukhrov et al. (1978a) suggest that vernadite is the
dominant manganese oxide phase on the seafloor. It is frequently in-
timately associated with  the poorly  crystalline iron oxide hydroxide
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mineral  feroxyhyte, 0'-FeOOH, perhaps forming  epitaxial intergrowths, and

often enriches Co, Ce and Pb relative to todorokite and birnessite. The
poor  crystallinity and high specific surface  areas of o-MnO2 result  in
this phase having high cation adsorption properties, particularly for
Co (Murray, 1975a,b). The uptake of cobalt by o-MnO2 in manganese

nodules, soils and synthesis products  has been explained by atomic  sub-

stitution of low-spin CO3+ (ionic  radius 0.53 A) for Mn4+ (0.54 A) in the
[MnOg]  octahedra (Burns,  1976). The presence of trivalent cobalt on O-
Mn0, was recently confirmed by photoelectron spectroscopy (Murray  and

Dillard, 1979).
Chukhrov et al. (1978a) suggested that the genesis of vernadite in

the marine environment takes place during the rapid oxidation of dissolved

Mn2+ ions. They believe that micro-organisms catalyse the oxidation, and
they have identified vernadite in relict bacterial forms in manganese
nodules. Although  vernadite also forms as an oxidation product  of terres-
trial todorokite (Chukhrov et al, 1978a), scanning  electron microscopy
observations (Burns and Burns, 1978a,b,c) indicate that post-depositional
recrystallization of vernadite to todorokite occurs inside  manganese

nodules  (see Fig. 12).

Other Manganese Oxide Phases

Pyrolusite, ramsdellite, nsutite, psilomelane, and rancieite have
each been occasionally reported in manganese nodules and marine sediments
(see reviews by Burns and Burns, 1977a, 1979). In some cases, however,

the evidence is poorly documented or ambiguous.

PARAGENESIS

The origin of marine manganese oxide deposits has been debated at

length, following the classic descriptions of samples collected during
the Challenger  expedition of 1872-1876 (Murray and Renard, 1884, 189,
Murray and Irvine, 1894). Although  there are only two ultimate sources

of manganese (namely, erosion of the continents and submarine  volcanism),

a variety of processes in the marine environment has generated different

types of sediment. These processes include (Bonatti, 1975):

U] hydrogenous  deposits, formed by slow precipitation of metals from
seawater; these may include chemical precipitates formed during
reactions in seawater, or settled particulate terrigenous matter

derived  from the continents;
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(2)  diagenetic deposits, in which metals are remobilized in  buried

sediments as a result of redox reactions involving organic  matter;

(3) hydrothermal deposits, which are associated with  seafloor volcanism
or hydrothermal activity;

(4)  halmyrolic deposits, caused by submarine weathering of seafloor
igneous  rocks  (especially basaltic glass); and,

(5)  biogenous  deposits, derived from marine organisms.

Although  each one of these deposits can be recognized in marine  sediments,
they are inextricably associated with  one another.

The processes  of weathering and erosion of the continents eventually
lead to the transport of dissolved species and suspended phases of man-
ganese and other metals to the sea. Manganese probably enters the ocean
as amorphous or cryptocrystalline vernadite and manganite  (Stumm and
Giovanoli, 1976). The particle sizes of these suspended phases probably

do not exceed diameters of a few tens of Angstroms, and therefore consist

of no more than a few score of [Mn(0,0H)6]  coordination clusters. The
small dimensions  of such particles not only causes them to have large
surface  areas capable of adsorbing  significant concentrations of other
cations, but also lead to very low settling velocities making the particles
susceptible to transportation by ocean currents to depositional environments
far removed from the continents. The product of slow hydrogenous  precipi-
tation  from seawater is mostly vernadite. However,  coprecipitation of

hydrated iron oxide phases creates deposits having Mn:Fe ratios of 05
to 2.0.

Considerably faster  accretion of ferromanganese oxides occurs in

the  vicinity of seafloor  volcanism and hydrothermal activity. The volu-
minous literature describing the association of ferromanganese oxide
crusts  and metalliferous sediments  with oceanic spreading  centers has
been reviewed by Bonatti (1975). These deposits have formed by the in-
teraction of hydrothermal fluids  with oxygenated  seawater. The manganese

and iron appear to have resulted from seawater permeating through  frac-

tured  seafloor basalts  being heated up and leaching the metals from the

volcanic rocks. Some input may also come from juvenile deep-seated mantle
sources. The dissolved metals can be effectively transported as chloride
complexes even when the chloride concentrations of the hydrothermal solu-
tions are comparable to that of seawater. When these fluids emerge from

submarine  fracture zones or ridge  crests, they come into contact  with
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cold oxygenated  seawater. The dissolved chlorides are then susceptible

to hydrolysis and oxidation reactions, during  which amorphous or poorly
crystalline oxides (e.g. vernadite) are the most likely phases to form.
Hydrothermal deposits often  exhibit extreme fractionation of iron and
manganese because the kinetics of oxidation of dissolved Mnll  complexes
are slower than those of soluble FeII complexes. Incomplete oxidation

of Mn2+ contributes to the formation of todorokite and birnessite in

hydrothermal deposits.

The high valence oxides of Mn and Fe suspended in seawater and
derived  from terrigenous sources, submarine  hydrothermal activity or
weathering of seafloor basalts, ultimately become buried in pelagic
sediment, together ~ with  biogenous  debris and other detrital material.
During  burial, diagenetic processes  involving redox reactions of biogenous
debrls®  with  amorphous or poorly  crystalllne * MnIV ,Mn i and Fe”l' oXldes
occur,  producing soluble FeII and Mnll  species. The low valence Mn and
Fe cations may be transported in pore waters as soluble Cl, HCO; or

organic  complexes, which enter into redox reactions near the sediment-
oxygenated seawater interface.

Several mechanisms have been proposed for the oxidation of dis-
solved Mnll species in sediment pore waters. The three-step autocata-
Iytic oxidation of aqueous Mn2+ suggested by Stumm and Morgan (1970)
summarized in equations 5-7,  probably leads to the formation of ver-
nadite. Such vernadite nucleates and grows epitaxially on feroxyhyte
surfaces coating  debris in the sediment (Burns and Burns, 1975; Chukhrov

et: al, 1975a).

Stumm and Giovanoli (1976)  suggested that oxidation of aqueous Mn2+,
particularly in continental waters, produces  manganite. Hem (197S)  pro-
posed an alternative mechanism  of Mn2+ oxidation in aerated pore waters
which  involved the disproportionation of intermediary hausmannite or
manganite:

6Mnt + 02(ag) + 6H,0 + 2Mn0, + n* [sJ
Mng, + 4H" + O-Mn0, + 2Mn®" + 2H,0
3%4 2 2 [9J
so that the overall reaction is:
[10J
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The alternative disporportionation reaction involving manganite  is:

2MnOOH+ 2H + oMn0, + Mn>" + 2H,0 [1J
Chukhrov et al. (1978a), noting  vernadite relicts of bacterial forms
in iron-manganese nodules, suggested  that micro-organisms catalyse the

oxidation of Mn2+. However, manganese nodules at the sediment-seawater

interface, as well as micronodules in pelagic  sediments, contain  todoro-
kite  which, in continental deposits, is a well-characterized Mn2+-bearing
Mn (IV) oxide mineral (Table  2). Chukhrov et al. (1978a) also suggested

that such todorokites are vulnerable to vernaditization. A solution to
the dilemma of how todorokite survives in deep-sea manganese nodules has
been proposed by Burns and Burns (1978a,b,c). They suggested that, since
most todorokites insidle  manganese nodules contain  significant concentra-
tions of Ni, Cu, Zn, Mg, etc, these divalent cations are not susceptible
to oxidation like Mn2+ ions, and therefore stabilize the todorokite
structure by inhibiting reaction (3) above. Todorokites (and birnessite)
deposited in hydrothermal deposits at spreading  centers, however, are
more susceptible to vernaditization because they have lower concentra-

tons of sta DL ~z-ng N&Z+ Cy2+ ec.

The inorganic mechanism of manganese oxide deposition proposed by
Stumm and Morgan (1970) is modified by biological processes, particularly
in manganese nodules growing in biogenic siliceous ooze sediments in the
north  equatorial Pacific. In a study of micronodules from Pacific deep-
sea sediments, Greenslate (1974) observed that embryo concretions nucleate
within microcavities inside  plankton skeletal remains, and that the con-
cretions are composed entirely of hydrated manganese oxides with negligible

amounts of Fe, Ni and Cu. He postulated that a similar process is re-

sponsible for the initial uptake of Mn onto surface layers of large
nodules. The formation of todorokite inside  the nodules (Burns and
Burns, 1978a,b,c) was interpreted to result  from the oxidation of pro-
teinaceous matter in emtombed biogenic siliceous debris by o-MnO2 (ver-
nadite) or 0-FeOOH (feroxyhyte). The Fe2+ ions  liberated in such redox
reactions were suggested to be re-oxidized by aerated seawater or ver-
nadite  back to feroxyhyte which  coats phillipsite crystallites and forms
a substrate for the deposition of todorokite. The biogenic siliceous

matter is also a possible source of Ni and Cu enriched in the manganese
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nodules beneath the high productivity surface  waters in the equatorial
Pacific Ocean.

Other diagenetic reactions leading to the fractionation of Mn and
Fe have been proposed in metalliferous sediments  adjacent  to ridge
crests, such as the Bauer Deep (Lyle et al, 1977, Heath and Dymond,
1977). Hydrothermal Mn (IV) and Fe (lll) oxides generated at the East

Pacific Rise are transformed into Fe (Ill)-smectite and todorokite by
reaction with  biogenic silica after  they were transported to the Bauer
Deep. The formation of todorokite occurring in micronodules and man-
ganese nodules in Bauer Deep sediments is attributed to the incompati-

bility of MnIV in the smectite phase.

SUMHARY

Todorokite, vernadite and birnessite are the predominant manganese
oxide minerals found in the marine environment. These Hn (IV) oxides
occur as cryptocrystalline phases in manganese nodules, ferromanganese
crusts  coating  altered ridge-crest basalt, and microconcretions in under-
lying  sediments. Although  their  crystal structures are poorly  known,
todorokite and birnessite appear to contain variable linkages of edge-
shared [MnOg] octahedra  and to be characterized by numerous structural
defects, essential cation vacancies in the chains or layers of linked
octahedra, domain intergrowths of mixed periodicities, extensive atomic
substitution (particularly divalent Ni, Cu, Zn, Mg, etc., for MnZ2+, and
cation  exchange properties. Vernadite is a poorly crystalline to amor-
phous phase with high surface areas and cation adsorption properties,
and concentrates cobalt  (possibly by substitution of Mn4+ by low-spin
C03+). Thermodynamic  data indicate that marine Mn (IV) oxides are
undersaturated in normal oxygenated  seawater, suggesting that  kinetic
factors control the formation and preservation of each manganese oxide
mineral. Micro-organisms appear to catalyse the formation of vernadite,
but  post-depositional recrystallization to todorokite occurs inside  man-

ganese nodules and in metalliferous sediments.
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Chapter 2

IRON OXIDES

James W. Murray

INTRODUCTION

Iron and manganese oxide minerals are important constituents of
marine  sediments. They occur together as major components in potentially
economically-important ferromanganese nodules. They compose a major
fraction of hydrothermal sediments  produced near the crests of spreading
ridge  systems, and together they are thought to be the most important
removal mechanism of many trace metals from seawater. Geophysicists
consider them to impart the magnetic  signature to marine sediments.

In this chapter | will first review the basic mineralogy and crystal
chemistry of the forms of iron oxides and iron oxide hydroxides that  might
be found in the marine environment. I will  then review the basic free
energy data necessary for determining the equilibrium phases. The rela-
tive  stability of goethite and hematite  will be discussed in some detail
as a case study because of the geochemical importance of these two phases.
I will  then review what we know about the pathways of formation of the
various iron  oxide minerals. Some minerals turn - out to be excellent in-
dicators of certain conditions or certain pathways of formation. Finally,

I will  briefly review the marine geochemical occurrence of these minerals.

STRUCTURAL BASICS

The mineralogy and crystal chemistry of the oxides, oxide hydroxides,
oxyhydroxides and hydrated oxide phases of iron have been recently reviewed
by Burns and Burns (1977). Fasiska  (1967) has also published a summary of
crystallographic information for some of these iron phases. The structures
of the cubic (spinel group) and rhombohedral (e.g., hematite) oxides  have
been thoroughly reviewed by Lindsley (1976). The magnetic  structures are
described in Stacey and Banerjee (1974). A summary of crystallographic

data is given in Table 1 (Burns and Burns, 1977) and Table 2 (Fasiska,
1967).

The basic  structures of mahy of the iron oxides consist of close-

pac Ked oxygens  contalning Fet3 and/ or Fet2. jons In varlOUS octa hedral
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Table 1. Nomenclature and crystallographic data for the oxides, cxyhydroxi des and hydrated oxides of iron.  (Primarily
from Buns and Bums. 1977, in press. and Misawa ~ tl., 1974)
" Crystal systern, Unit  cell
Compound Mineral Formul a space  group parameters  (A) Structure  type
a-feOOH goethit~ FeOOH orthorhombi ¢ a" 465 b " 10.02 ramsdellite (groutite),
C = 3.04 hexagonal  close-packed
oxygen
B-FeOOH akagane t te (Cl,OH,Hloh—, tetragona 1 ¥ " 1048 ¢ " 453 hollandite (a-Mn02),
Feg(0,0HN6 body-centered cubt C oxygen
y-FeOOH leptdecree ite  FeOOH orthorhombi ¢ a" 3.88 b " 1254 boehmite,  cubic close-packed
c = 307 oxygen
6-FeOOH syntheti ¢ FeOOH hexagona 1 a" 295 c " 453 Cd,
6' -FeOOH feroxyhyte FeOOH hexagonal a" 295 c " 453 di sordered Cdly
E-FeOOH synthetic FeOOH monoclinic, a " 8721 b" 5.164
p2lic c = 5680 & = 90
Hydra ted fer- synthe ttc FesHOs04H20 hexagonal a=5.08c=9.4
ri ¢ oxyhydrox- (lowe and Bradley) )
ide polymer Fe2034l.2H20 cubic ¥ " 837
(Van der Giesen)
ferrihydrite 5Fe20309H20 hexagona 1 ."5.08c"9.4 related  to hematite
hematite Fe203 hexagonal, a-. 504 c; 13.77 corundum
RJc Z" 6
magnet; te Fe304 cubic a" 8.391 inverse  spinel
maghemt te Fe203 cubic or e " 8.32 defect  spinel
tetragonal a" 8.338 ¢ " 25.014
Fe(OH), amakf ni te (Fe,M9,Mn)(OH), hexag?nal, e " 3.465 c " 4.85 brucite
pjm z" 2
Green rust synthe tic from  (Fe+Fe+), (OH,0) &' hexagonal a" 3.198 ¢ " 24.2 9 layers of oxygen
solutions Fe+3(02anion-)2 (-ABCBCACAB- )
Green rust |l synthetic ~ from hexagonal e" 323 ¢ " 225 4 layers of oxygen
50, solutions (-ABAC- )
interstices which  can be viewed as different assemblages of [Fe06] octa-
hedra. The Fe-Fe interatomic distances across  these edge-shared octahedra
range from 2.95-3.05 A and the (1010) and (1120) planes of the hexagonal
close-packed system have spacings of 2.50-2.56 A and 1.48-1.54 A, respec-
tively. These dimensions figure prominently in x-ray  powder diffraction
and cell  parameter data of the iron oxide phases. These spacings are
somewhat larger than those for the manganese (IV) oxides because of the
- ) 4
larger ionic radius of Fe+3 (0.64 A) compared to Mn+  (0.60 A). X-ray
powder diffraction data based on the Fink Indexing System are summarized
in Table 3.
The nomenclature followed here is  similar to that proposed by Burns
and Burns (1977, 1981). The five  polymorphs of "FeOOH" are called
iron  (lll) oxide hydroxides according to the International Union of Pure
and Applied Chemistry (IUPAC). The x-ray amorphous hydrous  oxide hydrox-
ide phase often referred to as amorphous  Fe(OH)3' iron (Il oxide hydrate
gel, colloidal ferric hydroxide, hydrated ferric oxide  polymer  will be
called ferrihydrite even though the author has some reservations about
whether ~ this  material is a new mineral.
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Table
CompoUDd
F. (wtistite)
(F. :Oratio - 0-83- ~
Fe,O. (_tite)
(F. :Oratio - 0a744- 047S0)
yaFe,0. (maghemite)
(F. :Oratio - 0a67- 0-72)

y-FeO(OH) (lepidocrocite)

a-FeO(OH) (goethite)

a-Fe,0, (hematit.)

&Special positions, i
tEstimated ! y -

2. Crystallographic
oxyhydrates

System
Cubic (N.a structure)

Cubic (f*,ainv™,, spinel)

Cubic (spi... )

Orthorhombic

Tricooal
(bcluaonal unit c:d)

data for some iron oxides

(from  Fasiska, 1967).

Space JI'OUP and Atomic fractional

atom position co-ordinates

Fm3m (No. 225)

0-4b [o] y-z- 054
Fe-4a Fe x-y-z-

FdJm (No. 227)

Fel+-3a O x - 04379+ (00!
F.. , Fe'+-1601

0-32e

Fd3m (No. 227)

(214) F."& 1601 O x - 04379 = |
(32) 0-32¢ (00!

Cman (No. 63)
Fe-4c

0-4c

OH~

Puma (No. 62)
Fe-4c

(0..04c
OH~
1& (No. 167)

Pe-tze
0-18e

. positions  of iron ADd oxypo atoms on 4-fold axes.

F.y - oa17s= (J()(2t
0 Yy - 0a21% 0-01
OHy - 0-425 * G002

F. x - O'l46,z -

- 04045 % O-lli2t

0 ¥- - <H47,z -
- 04200 * 0-002

OHx - - 0200, z -

0-310 *+ G002

O X - 0a300% (OOt
F. z - 0355 = (00!

Figure 1. A pictorial representation of the diaspore  structure
hydrogen bonds shown as tubes (from Ewing, 1935). Diaspore
have analogous structures.
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Cell ooostants (A)

c

with

-10-0

428 - 4&31% O-Olt

84397- 84394+ 0-005

8433- 8438"0'Olt

3-<l6+ O&Olt
IN £ 041
3-87 £ 0-01
+ Ot
3-03 £ 0401

4464 = 0401

54035 = O-005t
134721 0-01
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Table 3. X-ray diffraction data for oxide compounds of

iron  (Fink Classification System).
Mineral or The eight most intense d-spacings (intensity ~ 10%) JCPDScard
compound or reference
Goethite 4.18 2.69 2490 2452 2192 1721 1564 17-536
(,,aFeOOH) (100)  (30) (16) (25) (20) (20) (16)
Ak aganeite 7.40 5.25 3.311 2.616 2.543 1.944 1.635 1.438 13-157
(~4FeOOH) (100)  (40) (100)  (40) (80) (60) (100)  (80)
Lepidocrocite 6.26 3.29 2.47 1.937 1732 1524 1.367 1.075 8-98
haFeOOH) (100)  (90) (80) (70) (40) (40) (30) (40)
baFeOOH 4.61 2545 2255 1.685 1.471 1271 1.223 13-87

(20) (100)  (I0Ob) (I0Ovb) (100)  (20) (20)

,4F.OOH 3.314 2567 2.489 2223 1755 1.682 1.658 1.447 m
(100)  (50) (80) (50) (70) (80) (50) (50)
Hydrated ferric oxy- 2.52 2.25 1.97 1.72 1.48 2. 3
hydroxide  polymer (sss) (s) (s) (s) (sss)
Idem 2.54 2.47 2.24 1.98 1.725 1515 1.47 )
() (m) (ms) (m-b) W) (m) (s)
Idem 2.54 1.52 5)
Ferrihydrate 2.50 2.21 1.96 1.72 1.51 1.48 (6)
(m) {m-w] W (vw) [m-w ] (m)
Hydrogoethite 4.16 2.67 2.44 1.716 1.564 1.510 1.454 1.318 7)
(90) (70) (100)  (80) (40) (50) (40) (40)
Hematite 3.66 2.69 2.51 2.201 1.838 1.690 1.484 1.452 13-534
(,,4Fe,0, ) (25) (100)  (50) (30) (40) (60) (35) (35)
Maghemite 5.95 3.75 3.42 2,950 2521 2.089 1702 1.608 15~-15
haFe,Ol) (60) (100)  (65) (100)s (100)s (100)s (IOO)s (100)s
Magnetite 4.B5 2967 2532 2424 2.096 1715 1.616 1.485 19-629
(FelO,) ®) (30) (100) ® (20) (10) (30) (40) l-tilt4
Green rust 8.02 4.01 2.701 2.408 2.037 1.598 1.567 13-88
(xFe(OH), 'yFeOCI (100)  (80) (60) (60) (30) (40) (40)
zH,0)
Amakinite 5.49 2.B0 2.30 1.728 1551 1530 1.386 1.265 15-125
(Fe,Mg,Mn)(OH), (70) (80) (100)  (90) (70) (80) (70) (70)

References:
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350.
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F. V. Chukhrov, B. B. Zvyagin, A. |. Gorshkov, L. P. Yermilova and V. V. Balashova(1973). Proc. Acad.

Sci.. USSR. 4: 23-33.

7. P.F. Andrushchenko and N. S. Skarnyakova (1965). In: ManganeseDeposits of the Soviet Union. Israel
Progr. Sci. Transl., Jerusalem, 1970, pp. 101-124.
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Burns and Burns (1977) have drawn an analogy between the structures

of the silicate minerals and the structure of the Fe and Mn oxides. The
silicate minerals are composed of different linkages of corner-shared

[Si04]  tetrahedra. The Fe and Mn oxides are composed of [FeOe] and [Mn06]
octahedra  edge-shared in different arrangements. As a result isostructural

comparisons can be made between some of the iron and manganese oxides.
These comparisons probably  have great importance for the geochemistries
of these groups of minerals because of the possibilities for solid  solu-
tion and for epitaxial intergrowths. The structural types and isostruc-

tural  compounds are also shown in Table 1 (Burns and Burns, 1981).

Goethite (a-FeOOH)

Goethite is the most common form of the Fe () oxyhydroxides and is
the polymorph  to which most other FeOOH phases eventually revert  to upon
aging. It is isostructural with  the Mn minerals ramsdellite (Mn02) and
groutite (a-MnOOH) and consists of double chains of linked [Fe(O,0H)6]
octahedra in which  hydrogen-bonding plays an important role. Diaspore  (a-
A100H) has a similar structure, and a representation is shown in Figure 1.

A

c B
Figure 2. The ramsdellite structure. (A) Projection onto (001); white
circles, atoms at level 1/4c; black circles, atoms at level 3c/4 (after

Bystrom,  1949). (B) Double chain of [Mn06] octahedra  running along c

(after Bystrom,  1949). (C) The double chains of edge-shared [Mn06] octa-
hedra parallel to c (after  Clark, 1972). Small circles Mn, large circles
oxygen (from Burns and Burns, 1977).
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The model structure is built up
of alternating double chains of linked
[Fe06] octahedra (thus  resembling am-
phiboles) (Fig.  2). The octahedra  are
linked  together by sharing  opposite

A edges, thus producing continuous pyro-
lusite-like chains along the c axis.
Two such chains are crosslinked by edge
sharing  with one chain being displaced
c/2 with respect to the other so that

5 an octahedron from one chain shares an
edge with two octahedra  from the other
chain. The double chains of linked
octahedra  are further crosslinked to
adjacent double chains through  corner
sharing  of oxygen atoms to produce

c orthorhombic symmetry. This  structure
results in an acicular habit  for goe-
thite. Besides  acicular needles 0.1 to
1.0 pm long, goethite may form twinned
crystals under certain conditions

5 (Atkinson et al, 1968). Goethite is
responsible for the yellow-brown color

Figure 3. Hexagonal close- of some recent sediments and weathering

P DO g TS cuops (aemer, 297,

amakinite-Fe(OH)2; (B) goethite- The structure can also be viewed

2;(;?13(2% (C) o-FeQOH; (D) fer- as a hexagonal  close-packed lattice of
oxygen and hydroxyl anions. The

stacking of the oxygen planes is along the [001] direction with  an

-AB-AB-AB-  sequence. The Fe+3 cations  are distributed in an ordered array

among the octahedral sites  (Fig. 3). The iron atoms occupy only octahe-

dral  positions.

As will  be discussed later, goethite can be synthesized by many dif-

ferent  pathways including both  hydrolysis and precipitation of Fe (lll)

in the absence of Cl- as well as oxidation of Fe (Il) through lepidocrocite.

Thus its occurrence is not diagnostic of the geochemical history of the

sample.
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Goethite is an antiferromagnetic mineral ~ which means it remains mag-
netized even when a field is removed. The magnetization is not reversible.
Ideally, goethite should have perfectly compensated spins and hence no net
spontaneous ~ moment.  However, it has been reported that both natural and
synthetic goethite are capable of acquiring a thermoremnant magnetization
(TRM) when cooled through the Neel point (~120iC). The reason for this

is due to the fact that there are oxygen-ion vacancies  in goethite  which

result in broken links in the continuous antiferromagnetic iron-oxygen-
iron  chains. Since the vacancies occur at random, some of the broken
links can contain an odd number of anti-parallel iron atoms and hence

such links can carry spontaneous magnetic moments (Strangeway et al,

1968; Stacey and Banerjee, 1974).
Lepidocrocite (y-FeOOH)

The structure of lepidocrocite is based on a cubic close-packed
oxygen lattice (as opposed to hexagonal close packing for goethite).l It
does not have any structural analogues among the manganese oxide or hy-
droxide  phases. The structure may be described as a stacking of oxygen-
hydroxyl planes with an -ABC-ABC- sequence along the [051] direction.

The [051] direction of the orthorhombic cell  corresponds to the [111]
direction of a distorted cubic cell (Fasiska, 1967). As in goethite, the

iron atoms occupy only octahedral positions. A projection of the y-FeOOH
structure is shown in Figure 4. Lepidocrocite is an orange-colored form
of FeOOH and characteristically forms lath-shaped crystals ranging  from
05 to 1.0 pm long.

Lepidocrocite is neither antiferromangetic nor ferrimagnetic at
temperatures above 77iK, and so it can carry no magnetic remnance. On

heating it is transformed to maghemite (y-Fe203) at 250; to 300iC
(Strangeway, 1970).

IA" cubic close-packed framework of 32 oxygens contains a total of 64

tetrahedral sites and 32 octahedral sites. Not all of both sets can be
filled, however, for this would require face-sharing between octahedra
and tetrahedra which is energetically unstable  because of electrostatic
repulsion of the cations. The filling of eight tetrahedral sites  pre-
cludes occupancy of more than 16 octahedral sites; conversely, the

filling of 16 octahedral sites  permits  occupancy of only eight of the
64 possible tetrahedral sites.
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Figure 4.  Projection of the y-FeOOH crystal. The structure of

y-FeOOH is orthorhombic, but is based on a face-centered cubic
framework  of oxygen. Accordingly, this  approximate figure is
illustrated by an fcc structure. The plane of the figure is (110)
of the fcc structure. Open and solid circles represent atoms at
different elevations (from Misawa et al., 1974).

Akaganeite (S-FeOOH)

The crystal chemistry of akaganeite is markedly different from other
iron  oxides. Burns and Burns (1981) have sought to compare S-FeOOH
with  the Mn mineral  todorokite. Akaganeite (S-FeOOH) is uniquely charac-
terized by tunnels that run parallel to the c axis. It is isostructural
with  the hollandite group (a—MnOZ) of the manganese oxides with OH- ions

replacing half of the O-Z. The basic building blocks, the [Fe06] octa-
hedra, share edges and form double chains along the c axis. The octahedra
of the double chains share corners with adjacent double chains to give a
three-dimensional framework  with a body-centered tetragonal cell (a =
1048 A, c = 3.0Z3 A) (MacKay, 1960; see Fig. 5). This  results in an
open structure which  contains one tunnel per unit cell The tunnels  are

square, 5 A per side, bounded by two rows of octahedra (Gallagher and

Phillips, 1969), and run the length of the crystals. The tunnels  can
accommodate HZO molecules as well as OH, Cl , F , SOXZ' and Noé ions.
Large anions  (especially Cl) are essential for the formation of this
tunnelled structure. Gallagher and Phillips (1969) claimed that the CI
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content  could be reduced to very low levels by prolonged  washing with dis-
tilled water. However, the experiments of Ellis et al. (1976) show that
Cl is specifically adsorbed on B-FeOOH and cannot be fully eluted by
washing or by exchange with inert (NO;) or specifically interacting (F)
anions. Cl is not only vital for the formation of B-FeOOH, but it also
seems to stabilize the structure. For the analogous manganese minerals
of the hollandite family it is the cations Ba+Z, Pb+Z, K+ and Nat+ that
are essential to the structure. The role the anions play during hydrolysis
of Fe () wil be discussed more later,; however, it is important to note
nQW that anions play an important role in determining iron  oxyhydroxide
mineralogy, and cations play an analogous role in manganese mineralogy.
This may be due to the surface charge characteristics of the different
groups  of minerals. The pH (pzc) of the iron  oxyhydroxides are between
7 and 8, whereas the hydrous manganese phases are between Z and 3.

Tritium exchange  studies (Gallagher and Phillips, 1969) indicate
that the activation energy for tritium exchange between B-FeOOH and water
(97 joule mole-l) is considerably higher  than for a-FeOOH (34.3 joule
mole _j) and y-FeOOH (58.7 joule  mole _jj. The shortest hydrogen  bond
length in B-FeOOH is Z.85 A, which is longer than the hydrogen bonds in
ice and water (Z.76 A). Such a long bond indicates a very weak inter-

action or nearly free OH groups.

Figure 5.  Akaganeite (B-FeOOH) has an open structure similar to hollandite.
This  structure is shewn here (from Burns and Burns, 1977). (A) The struc-
ture  of hollandite (or a-MnOz) projected onto (001); white circles, atoms
at zero level; black  circles, atoms at level «c/Z (after Bystrom and Bystrom,
1950). (B) The framework  structure of hollandite showing  tunnels  between
double chains of edge-shared [Mn06] octahedra parallel to c (after Clark,
1977). 1 =Mn;, Z = oxygen; 3 = Ba, K, Pb, Na, or HZO.
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Figure p. (a) Proposed atomic  superstructure of a single tubular sub-
crystal of S-FeOOH (from Gallagher, 1970). Each octahedron represents

an Fe+3 ion (at the center) octahedrally coordinated by O-z or OH- (at
the corners). Both corner and edge sharing take place. Walls  one unit

cell thick form large square channels of side 314 A. A unit cell is
shown in the inset and contains a small tunnel which contains essential

Cl- ions. (b) Parallel tubular rods or subcrystals such as shown in part

(a) are packed to form cigar-shaped crystals or somatoids of S-FeOOH
(from  Gallagher, 1970).
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Synthetic spindle-shaped (somatoid) crystals of S-FeOOH appear to be

built up of bundles of parallel needles which under close observation
appear to be an orthogonal array of closely-packed rods (Watson et al.,
1962; see Fig. 6). The crystals have tapered or irregular ends. The

edges of these rods are built up of five unit cells which give an outer
dimension of about 5 x a or 524 A. If the wall of the tube is one unit
cell  thick, this would give a square interior channel of about 3 x a or
31 A per side (Gallagher, 1970). This agrees well with the value of 30 A
found by Watson et al. (1962) wusing electron microscopy  and the value of
28.4 A by Gallagher and Phillips (1969) using N2 adsorption isotherms.

The difference between the model value of 31 A and that determined by N2
adsorption (284 A) may correspond to a layer of water on the inner sur-
face of the pores which would probably remain even after drying. This
model must still be considered tentative, however, because Paterson and
Tait (1977) have used surface area measurements and electron micrographs

to conclude that the orthogonally-packed rods are solid. Thus akaganeite
appears to contain  two different sizes of cavities. These are small square
tunnels (5 A per side) that are inherent to the hollandite type structure
and are stabilized by Cl and large tunnels (30 A per side) that result

from packing of the rods.
S-FeOOH has been prepared by a number of different methods, and the

only essential requirement appears to be that CI- (or F-) must be present
during  the hydrolysis and precipitation process  (Feitknecht et al., 1973).
Regardless  of the method of preparation, the crystals of akaganeite are
small. Those shown by Ellis et al. (1976) and most other references are
about 0.5 pmlong, and that is also about the size of the crystals we have
made in our laboratory. Because of its small particle size and structural
cavities, S-FeOOH presents  an unusually large  proportion of its ons to
the surface and thus should be especially effective as an ion exchanger.

Howe and Gallagher (1975) have studied the Mosshauer spectra  and
magnetic  properties of S-FeOOH and S-Fe203 (prepared by dehydration of
S-FeOOH).  The Neel temperature for the antiferromagnetic S-FeOOH is about
295iK. The evidence supports the model that all Fe+3 ions are in octa-

hedral  coordination.
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Figure 7. A projection of the Fe(OH)Z structure (amakinite) which
is thought to oxidize  with little change in structure to form O-
FeOOH. The plane of figure is  (110). The open and solid circles
represent atoms at different elevations (from Misawa et al., 1974).

0-FeOOH

The brown-colored iron  (llN) oxide hydroxide with  the formula  o-FeOOH
has no mineral name because it has not been observed in nature. A modi-
fication (0'-FeOOH)  has been reported to exist in natural samples and the
name feroxyhyte has been proposed (Chukhrov et al, 1976; see next section).

The structure consists of a hexagonal close-packed array  of O-Z and
OH- ions (@ = 294 A c = 449 A). Fe+3 has an ordered distribution among
the octahedral sites; however,  there is disorder of the O-Z and OH- ions
(Fig.  3). The white solid Fe(OH)Z (amakinite) has a CDIZ structure. A
projection of Fe(OH)Z(S) is shown in Figure 7 (Misawa et al, 1974). 0-
FeOOH is thought to have a disordered CdlZ structure. Feitknecht (1959)
obtained 0-FeOOH by vigorous bubbling of oxygen, air or HZOZ through
alkaline solutions with  solid  Fe(OH)Z' He came to the conclusion that
0-FeOOH is formed by the topotactic replacement of Fe(OH)2(s) with  preser-
vation  of the form of its platy particles and inheritance of its  struc-
tural  ordering. Large ordered  crystals of 0-FeOOH are strongly magnetic.
A relatively fast  oxidation of Fe(OH)Z(S) is required to produce 0-FeOOH,

whereas 0-FeOOH is produced under conditions favoring a somewhat slower
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oxidation (Chukhrov et ai, 1976). 0-FeOOH begins to transform into
hematite after 10 days at 70i{C in pH 4 and 8 solutions.
According to Kulgawczuk et al. (1968) and Chukhrov et ai. (1976),

0-FeOOH is ferrimagnetic at room temperature. Particles 1 um and larger
show the largest degree of magnetic  order. With  decreasing particle size
the magnetic  saturation decreases  and the residual magnetization dis-
appears.

FeroxyhytB (0'-FeOOH)

Both 0-FeOOH and o0-FeOOH are formed topotactically by the oxidation
of Fe(OH)Z' The arrangement of the oxygen anions in each of these phases
is the same in principle, corresponding to hexagonal close  packing (-AB-
Ab-AB-). They differ only in the arrangement of the iron atoms. 0'-FeOOH
is obtained under  conditions of relatively slow oxidation (slightly acid
or alkaline solutions and weakly aerated). Like 0-FeOOH, 0-FeOOH is
believed to contain Fe+3 ions in the octahedral sites of a hexagonal
close-packed oxygen  system. The Fe+3 ions, while almost randomly dis-
tributed in the octahedral sites, retain a slight degree of order among

them (Fig. 3). In this respect 0-FeOOH resembles E-MnOZ (Burns  and
Burns, this volume, Ch. 1).

0-FeOOH is thought to be a magnetically disordered form of 0-FeOOH
(Chukhrov et ai., 1976). The basic difference in the electron diffrac-
tion  patterns of 0-FeOOH and o-FeOOH is that the Ilatter has no reflec-
tions  characterizing an ordered distribution of Fe+3 in the octahedral
sites. Feroxyhyte is unstable and transforms in ar to goethite.
Chukhrov et ai. (1976) have proposed that o0-FeOOH occurs in nature as
the mineral feroxyhyte. This claim needs further verification and should
be viewed with some degree of skepticism because of the pathway of for-

mation  (topotactic oxidation of Fe(OH)2(s); see later  discussion).

The basic  structure of hematite is a hexagonal close-packed array
of oxygen anions in which Z/3 of the octahedral sites in every layer are
occupied by Fe+3 (Fig.  8). The oxygen planes are stacked in an -AB-AB-AB-
sequence along  [001). Hematite  typically appears as small thick crystals
of hexagonal outline. It may occur intergrowh with  goethite (Atkinson

et ai., 1968). The stoichiometric number of iron atoms occupy octahedral
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from  solution. Chukhrov et al. (1973) summarized the previous work and
their ~ own observations on field samples and proposed the name ferrihydrite
for the mineral of composition 5Fe203é9HZ0. This name has been accepted
by the nomenclature commission  of the International Mineralogical Asso-
ciation. The studies by van der Giessen (1966) and Towe and Bradley
(1967) on synthetic samples were especially important in  piecing together
the structural picture of ferrihydrite.

Van der Giessen (1966) was the first to obtain  distinct x-ray  dif-
fraction patterns for amorphous iron  oxide. He determined that the light-
brown iron oxide gel prepared from NO; solution at ZOiC consists of 30 A
diameter particles of irregular size and shape. These gel particles were
proposeg to have a cubic structure (a =837 A) and a density of 3.8 + 0.1
gm cm

Towe and Bradley (1967) used x-ray powder diffraction results on a
similar product (from  NO; solution at 85{C) to suggest a structure based
on the hexagonal close-packing of oxygens. In this sense the structure is
similar to that of hematite (a-Fezog) except that the two strongest spacings
(367 A and Z.69 A) derived from the ordered rhombohedral arrangement of

Fe+3 ions in hematite are missing. The hematite-like model proposed by
Towe and Bradley (1967) is shown in Figure 9 in projection on the plane (1120)
Chukhrov et al. (1973) have accepted this structure for the mineral ferri-
hydrite. The diffraction patterns from various investigators attributed
to ferrinydrite by Chukhrov et al. (1973) are shown in Table 4. The in-
dexing  refers to a four-layer hexagonal cell of close packing of O'Z, OH
and HZO. The basic distinguishing features of ferrihydrite are the listed
sequences  of five reflections.

In  contrast to hematite the position of the iron is partly vacant and
the period of repeat is not six but four layers of hexagonal  anionic
packing. In four successive layers  the period of repeat of octahedral
sites  populated by Fe+3 should be Zz/3, 13, 13, 1/3. Ferrihydrite and
hematite are characterized by wunit cell parameters of a =508 A c
94 A and a = 5.04 A, c = 13.77 A, respectively. Thus the structure pro-
posed by Towe and Bradley (1967) is related to hematite  but differs by
containing some HZO and OH- instead of O-Z and less Fe in the octahedral
portions. This leads to a much lower Fe/O ratio.
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Figure 9.  Ferrihydrite is proposed to have a similar structure to hematite:
(@) Projection of the hematite structure on (1120). Full  circles are Fe
in the (1120) plane. (b) Projection of the proposed  structure of ferri-
hydrite on (1120). Idealized detail of 4Fe octahedra are  shown. Full
circles are Fe in (1120). The wavey line indicates a level at which lateral
displacements are optional. The c-period consists of four oxygen levels
(from  Towe and Bradley, 1967).
Table 4. Diffraction characteristics of synthetic and natural  ferrihydrite.
hkl Giessen, Towe,Brad- Chukhrov et Jackson,Kel-- Towe,Lowen- Miyake,
1966 ley,1967 al ., 1971 ler, 1970 stam, 1967 1939
d 1 d 1 d 1 d 1 d 1 d
110 252 vs 2.54 S 2.50 m 252 ms 254- sm 25 s
2.47
112 2.25 S 224 ms 221 mw 223 ms 2.24 228 V.
113 1.97 s 1.98 m 1. 96 w 198  Vw. 1.98 m 209 V.w.
114 172 s 1725 w 1.72 VW 170 w-vw 1725 w
115 1515 m 1.51  mw
300 148 vs 1. 47 S 1.48 m 147 m 147 s 1.48
van der Giessen, A. A (1966) J. Inorg.  Nucl. Chem 2s.
Towe, K. M. and W. F. Bradley (1967) J. Colloid Interface Sci. 24
Chukhrov, F. V. et al. (1971) AN SSSR lzvestiya, ser. geol. no 1
Jackson, T.A. and W. D. Keller (1970) Am. J. Sci. 269.
Towe, K. M. and L. Lowenstam (1967)  Ultrastructure Res. 17.
Miyake, S.L. (1939)  Sci. Papers Inst.  Phys. Chem. Research (Japan) 3s.
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Chukhrov et al.  (1973) admit that the original x-ray  diffraction data
for  ferrihydrite are limited and the structural model should be considered
as tentative. Atkinson et al. (1968), for example, criticized the cubic

structure proposed by van der Giessen (1966), and thus Towe and Bradley

(1967) and Chukhrov et al.  (1973) as well Atkinson et al.  (1968) suggested
that the principal lines at d =252 A d =148 Aand d = 127 A could arisk
from a combination of goethite d02l) = 258 A and d(040) = 2.49 A; d(002)
151 A and d(06l) = 145 A; and d(042) = 1.29 A and d(080) = 1.25 A. The
other lines  attributed to ferrihydrite (Table 4) also occur in the goethite
pattern. As noted earlier, the spacings at 255 A and 148 A are charac-
teristic of a hexagonal close-packed system and are common in x-ray dif-
fraction data of most iron oxyhydroxide phases (Table 3). Chukhrov et al.
(1973) propose that the spacings 25 A and 15 A are characteristic of a
precursor of ferrihydrite called  protoferrihydrite. It cannot be unequi-
vocally rued out that the mineral referred to as ferrihydrite is merely

a poorly ordered arrangement of [Fe06] octahedra (Burns and Burns, 1977).
There is also some disagreement regarding the product ferrihydrite
converts to on aging. Chukhrov et al.  (1973) reported that  ferrihydrite

transforms into  hematite in  moderately acid to moderately alkaline solu-
tions. At 80iC this transition occurs in a few hours, and at 40ijC it takes
10 to 14 days. Transformation into  goethite only occurred in strongly

alkaline (pH> 11) or acid (pH < 3) solutions.
Schwertmann  and Fischer (1973), however, could not get ferrihydrite
to convert into hematite at pH 6 and 70iC even after two weeks. Goethite

was obtained after aging in |-M KOH (two weeks, 70jC) and in 0.02-M FeSO4

solution at pH 6. They concluded that ferrihydrite is not converted to
hematite by a topotactic dehydration reaction. It is more likely that
ferrihydrite serves as a source of dissolved iron for the crystallization
of goethite from the solution phase. This  will  be discussed more later.

Magnetite is in the group of oxide minerals with the inverse  spinel

structure. It forms a geochemically important solid  solution series  with
ulvDspinel (FeoTi0y). Lindsley (1976) has previously prepared  an excellent
set of notes on spinels and magnetite, and the brief summary given here
comes from his work. The wunit cell is face-centered, cubic and contains
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O Oxygen 9 Tetrahedral cations
O Octahedrat cations Origin
Figure  10. The spinel unit cell, oriented so as to emphasize the
(111) planes. Atoms are not drawn to scale; the circles simply

represent the centers of atoms. The origin in this diagram lies
at the center of symmetry, as recommended by the International
Tables (1952); it differs by (1/8,1/8,1/8) from the origin used
in much of the literature.

32 oxygens, which form a nearly cubic close-packed framework as viewed

along the cubic diagonals [111] (Fig. 10). The cations  occupy some of the

interstices within the oxygen framework. By convention the set of com-
patible tetrahedral and octahedral sites  occupied in spinels is 16d (oc-
tahedral) and 8a (tetrahedral). The general chemical formula  for ideal

spinels is XY204 (or X8Y16032 per unit cell), where X and Yare cations

of different valence. In magnetite X = Fe+2 and Y = Fe+3; in  ulvDspinel

X = Ti+4 and Y = Fe+2. When eight X cations  occupy tetrahedral sites  the
spinel  has a "normal"  structure. It may be designated as X[Y2]04 where
brackets denote  cations in octahedral sites. Other spinels  have 8Y cations
in the octahedral and tetrahedral sites and 8X cations in the octahedral
sites to produce an “inverse" spinel  with the formula  Y[YX]04' Some spinel
end members are shown in Table 5. Magnetite (Fe+3[Fe+2Fe+3]O4) has the
inverse  spinel  structure with Fe+3 ions equally  distributed between tetra-
hedral and octahedral sites. The magnetic  properties of magnetite have
been very instrumental in  determining the ordering of the cations among
the sites. See Stacey and Banerjee  (1974) for a review.
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Table 5. Spinel

M;neral name

Magnet; te
Nagnestof err; te
Jacobsite
Chromite

Magnes ochromi te
Spinel

Hercyn; te

ulvdspt net

end members (from

Formula

Fe 3+[Fe2+Fe3+jO,
Fe3+[Mg'+Fe3+JO,
Fe3+[Mn'+Fe3+JO,
Fe'+[Cr,3+JO,
Mg'+[Cr,3+JO,
Mg2+A123+04
Fe'+[A1,3+JO,
Fe2+[Fe2+r; 4+]0,

Lindsley, 1976).
Cell edge Oxygen
-~ tn A parameter.

8.396 0.2548
8.3B3 0.257
B.51
B.37B
B.334 0.260
B.103 0.262
8.135
B.536 0.261

Structure

7/B

N, "normal" cation distribution, X(Y2J04' where (] indicate octahedral
cations.

I, “inverse distribution,
diate between these extremes.

Y{XY}04. Manyspinels are probably interme-
Data from Bumns (1970, p. 110).

Table 6. The partial molal Gibbs free energy of fonnation (8G-~) of iron
solid phases and aqueous solution species at 25iC(298.15;K} and
1 atm total pressure.
Substance Source
Fe(lhFe+2(aq) - 21 BOO_500
FeOH+ (nq) - 67,168 !_570
Fe(OH)~ (aq) -111 ,173 !:_600
Fe(OH)3 (aq) -143,249 1:_600
Fe(lll~e+3 (aq) . 4020 500
FeOH+2 (aq) - 57,358 550
Fe(OH)Z (aq) -107,635 600
Fe(OH)~  (aq) -155,595 600
Fe(OH)4 (aq) -200,920 !:_550
Sol ids
Fe(OH)2(s) -117,584!:_570
FeCO03 (siderite) -162,390 !:_510
Fe304 (magnetite) -243,094 !:_510
oFe203 (hematite) .-177,728!:_ 310
yFe203 (maghemite) 2-169,764 !:_ 500
oFeOOH (goethite) >-115,280 + 160 to
--116,375:;: 160
yFeOOH (lepidocrocite) ._-169,614~ -00
BFeOOH (akagan.ite) -179,700
FeOOH&H20 (hydrated  ferri c <-167,460 + 600 to
oxyhydroxide ~ polymer) ~169,040 11,100
Miscellaneous
H0 (1) - 56,687
OH - 37,594
02 + 3,900
504 -177,970
H2s - 6,660
HS + 2,8BO
5= + 20,500
C02(s) - 94,254
H2C03 -148,940
HC03 -140,260
Cco3 -126,170
C1- - 31,370

2) Robie and Waldbaum (196B), 3) Bf edermann and
(1968)
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Magnetite has been classically thought to be a detrital component
from the continents and submarine  volcanism. Later we will  summarize
evidence that suggests that magnetite can also form during the oxidation
of Fe (ll) from solution such as might occur in the interstitial waters

of some marine sediments.

Maghemite is so named because its chemical composition is identical
to hematite, although  unlike  hematite it is strongly magnetic and has a
crystal structure similar to magnetite. When synthesized by oxidation of
Fe (I, maghemite  forms dark-brown  sub-rounded particles (0.0Z pym to 0.06
um) (Taylor and Schwertmann,  1974b). In maghemite  1/9 of the metal atom
sites in the Fe304 spinel  structure are vacant. These vacant metal sites
are distributed in one of two ways; either distributed randomly  throughout
the tetrahedral (8a) and octahedral (16d) sites or confined only to the
(16d) octahedral positions (Lindsley, 1976).

Maghemite is formed by the low-temperature oxidation of magnetite
(which in turn may either  be detrital or authigenic). The oxidation is
achieved by a topotactic process, so called because the oxygen structure

z

is left  unchanged. The Fe+~ ions in magnetite diffuse to the surface of a

8 leaving lattice vacancies. If the diffusion can

grain and oxidize to Fe+
proceed  unhindered, one microcrystal of magnetite can be completely trans-
formed to maghemite without an additional new crystal of maghemite being

formed. For each Fe+2 diffusing out of the magnetite structure, two more

are converte d to Fe™ to malntaln constant  tota 1 catlonlC change wit b the

structure. Thus Fe;3Fe+Z04 becomes Fe~~3DI/304' ie., 1/3 of the original
Fe+Z sites  become vacancies represented by [J. The vacancies are in the
octahedral positions. This way of representing the chemical formula also
indicates that the crystal structure is similar to the structure of magne-
tite (Fe30 4). The structure is not exactly that of a spinel because the
vacancies are ordered along a particular [100] axis, the repeat distance
being three times the cubic cell edge. The crystal structure is, therefore,
tetragonal due to the vacancy superlattice. Although  the cell edge of

magnetite (8.39 A) is similar to the cell edges of pseudo cubic maghemite
(8.34 A), it is possible to distinugish maghemite  from hematite by the

presence  of tetragonal diffraction peaks which are forbidden in  magnetite.
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FREE ENERGIES OF FORMATION

The basic data needed for equilibrium calculations and for ascertaining
the direction of spontaneous reaction are the partial molar  or molar-free
energies of formation of substances under  well-defined conditions. The
partial molar-free energy of formation G~is the free energy change accom-
panying  the formation of a substance from the elements in their  standard
states. The partial molar free energy at a given temperature is equal to
the standard chemical  potential at the same temperature and 1 atm pressure:

p.i (T, 1 atm) = Gf?i (T, 1 atm) 1]

Most recent  geochemistry textbooks (e.g., Garrels and Christ, 1965;

Berner, 1971) and literature have relied on the original data from Latimer

(1952), Sillen and Martell (1964) and Wagman et al. (1969) for the Gibbs

free energy data for iron-containing solid phases and aqueous solution

species. Hem and Cropper  (1959) provided one of the -earliest compilations

of free energy data which, in turn, was based largely on Latimer's compila-
tion. These compilations were updated and improved by Langmuir  (1969). The
free  energies of formation as tabulated by Langmuir  (1969) are summarized

in Table 6. The major difference between this table and those in earlier
references IS that It Incorporates new values  for FeJrZ (aq), FeJr3 (ag), and

goethite. Latimer (1952) gave ® (Fe+Z) = 703 kcal mole -1 and

é)f (Fe+3) = 253 keal mole L. Iiarson et al. (1968) redetermined d? (Fe+z)
=28 keal mole.. Combining  this value with Latimer's (1952) value of
EO = 0771 V for Fe+? = Ferd + o= results  in e Fe™) = 40z keal mole -
Incorporation of revised values for ’é’f Fe %) and ’é’f Fe™3) resuts  in
slightly different values for the solid phases which, in tun, are based
on solubility measurements. In most cases the changes are slight relative
to earlier reported values.

Avalue for G~for S-FeOOH (akaganeite) has not been previously re-
ported. The value in Table 6 was estimated from a solubility study of
ferric ion in 05 M sodium chloride (Biedermann and Chow, 1966). The solid
phase had the composition Fe(OH)Z. 7C10.3(s) and was identified by x-ray
diffraction and electron microscopy as akaganeite (Soderquist and Jansson,

1966). The constant given Dby Biedermann and Chow (1966) for the reaction
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+3 +
Fe = + Z70 HzZO + 030 Cl Fe(OH)Z.70C10.30(s) + Z7 H
log K -3.05 + 0.10 [2]
was corrected for ionic  strength and the free energy of formation for the
solid phase was -calculated to be -179.7 kcal mole _1. The approximate
nature  of this calculation should be emphasized.

The values for Fe(OH)~(aq) and Fe(OH)~(aq) should be considered

judiciously. Early  experimental work  supported the importance of Fe(OH)~
(e.q., Gayer and Woontner, 1956); however, Lengweiler et al. (1961) con-
cluded from ultracentrifugation and electron microscopy experiments that

the species presumed to be molecular Fe(OH)~ was actually colloidal-sized

ferric oxyhydroxides. More recently Byrme and Kester (1976) have conducted
extensive seawater  solubility experiments for  freshly precipitated hydrous
ferric oxyhydroxide polymer. In some of these experiments the  solubility
was independent of pH from pH 7 to 9 at a concentration of 10-8 M which

indicated the importance of Fe(OH)3?aq).

The free energy values in Table 6 can be used to calculate the relative

stabilities of the different modifications of iron  oxides. Diagrams can be
drawn to demonstrate the relationships of the stabilities to various  param-
eters. Iron  exhibits two main oxidation states, Fe () and Fe (), thus
pE (= -log(e-) or Eh are frequent  parameters used. Numerous other param-

eters, such as pH, pS and Pcopz are also used depending on the relationships

to be described. Diagrams of this type are only valid for the species con-
sidered. Garrels  and Christ ~ (1965) and Stumm and Morgan (1970) are excel-
lent  references for  step-by-step instructions on how to construct such
diagrams.

The literature is full of examples of stability diagrams, and two will
be shown here to illustrate some basic  features. An  equilibrium Eh-pH
diagram  for iron (10-4 and 10-6 M) at 25C and 1 atm is shown in Figure 11
(Garrels and Christ, 1965). Additional conditions are total  dissolved
sulfur = 10-6 M and total dissolved carbonate = 1 M. This diagram shows at
a glance the effect of several variables. Under oxidizing conditions

hematite (a-FeZO3) is the most stable form of iron oxide, while under

reducing conditions magnetite (Fe304) has a stability field in the alkaline
pH range. Both siderite (FeCO3) and pyrite (FeSZ) have stable domains in
reducing  solutions at the expense of magnetite. In spite of the extremely
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Figure 11.  Stability relations of iron oxides, sulfides, and carbonate  in
water at 25jC and 1 atmosphere total  pressure. Total  dissolved sulfur =
10-". Total  dissolved carbonate = 10°  Note elimination of FeS field by
FeCO03 under strongly reducing  conditions, and remarkable stability of pyrite
in presence of small amount dissolved sulfur (from Garrels and Christ, 1965).
1110[----- ~. -———
.1[10 . Figure 1Z. Eh-log PCOZ diagram for hema-
tite, magnetite, and slderite in marine
0 o sediments. T = Z5i{C, Ptotal = 1 atm,
.040 Hemati ac3++ = 10-Z.58 equilibrium with  calcite
lematite
~ 0 20l Fe/O: assumed. Oz and HZ represent areas where
water is thermodynamically unstable rela-
000 tive to the respective gases.  The value
020 for pS-- is assumed to be so high that
0.10 pyrite and pyrrhotite do not plot stably
' from Berner,  1971).
a|._ -2, == ( )
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small amount of dissolved sulfur relative to carbon, pyrite still has a
significant stability field.

Another  approach is to assume that pH is controlled by the equilibrium
CaC03(s)-COZ system and plot Eh vs Pcoz (Fig.  12)  (Bemer, 1971). Again,
we see that hematite is the stable oxide form under oxidizing conditions.

Both of these examples indicate that hematite is the thermodynamically

stable phase in oxygenated seawater. There has been considerable discus-
sion in the literature, however, about the relative stabilities of goethite
and hematite, and the equilibrium is made complicated by the consideration
of the effects of surface area and particle size.

The free energies of formation for the solid phases in Table 6 refer
to macroscopic crystals. The change in free energy involved in  subdividing

a coarse solid into a finely divided one of molar surface area S is

re = ZI3 yS [3]
where y is the mean free surface energy (interfacial tension) of the solid-
liquid interface (in erg cm-z).

At constant T and P and for particles of uniform  size  (EnustUn and

Turkevich, 1960; Stumm and Morgan, 1970)

dG = p_dn + yds [4]
or

u [5]
or

U o+ Py [6]
where M  formula  weight, p = density, n = number of moles, and s surface

area of a single particle.

If the surface area and volume of a specific single  crystal can be

approximated by s = de and v = £d3 where d is any characteristic dimension
and k and £ are geometric constants, then:

ds Zs

dv = 3v [7]
If there are N particles per mole, then the molar surface area is S = Ns

and the molar volume V = Nv = Mp_l
Thus
H=po+ Z3YS [8l
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The solubility product is then a function of surface area

d.R.nkso —11
ds - 3RT [9]
and
(10]
The molar surface area S can also be expressed as
S = Ma [11]

pd

where a = k.R.-I is a geometric  factor which depends on the shape of the

crystals. a equals six for cubes of edge length d and three for spheres
of diameter d.

The effect  of particle size is especially important for the iron
oxyhydroxides. Goethite can range from as small as 50 A (van der Kraan and
Medema, 1969) to 1000 A or greater (Feitknecht and Michaelis, 1962). Akaga-
neite  particles are normally less than 500 A (e.g., Soderquist and Jansson,
1966; Ellis et al, 1976). Mossbauer  studies  also suggest small particle
sizes (~900 A) for goethite in manganese nodules (e.g., Carpenter  and

Wakeham, 1973).
Case Study: Goethite/Hematite Stability

Goethite is one of the forms of iron oxide most commonly identified in
modern sediments  and ferromanganese nodules. However, it is rare in ancient
sedimentary rocks  (Fischer, 1963) where hematite is a common constituent.
Hematite  often imparts a red coloration to sedimentary rocks giving rise to
the term red beds. This suggests that goethite is the first form of hy-

drous iron oxide to be deposited, and that with time it ages into hematite.

Thermodynamic  Calculations. There has been considerable argument
about the relative stabilities of goethite and hematite  as described  by:
(12]

This reaction has received a considerable amount of attention by geochemists
interested in planetary atmospheres. The mineral  goethite (or limonite,
which is a mixture of a-FeOOH and a—Fe203) closely  matches the photometric

and polarimetric properties of the surface of Mars (see Pollack et al, 1970)
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Adamcik  (1963) proposed that the atmospheric water vapor on Mars could be
controlled by this reaction. Pollack et al.  (1970) reviewed the thermo-
dynamic data and concluded that goethite is apparently unstable at the
surface  of Mars during the daytime but may be stable deeper in the soil
where the temperature should be more constant. Their  cal~ulations suggest
that the dehydration-rehydration cycle may be balanced and, if so, reaction

12 could buffer the time averaged content of Martian  atmospheric water  vapor.

Fish  (1966), O'Connor  (1968) and Berner  (1969), however, have used some of

the same thermodynamic data to show that goethite is probably unstable on
Mars.

Bischoff (1969) undertook  similar calculations in order to explain the
distribution of goethite and hematite in the sediments in and around the Red
Sea hot brine  deposits. He concluded that goethite is the stable phase
under normal submarine  environments (i.e., the majority of oceanic  sediments).
The stability field of goethite expands with increasing pressure  and de-
creasing temperature (below the equilibrium temperature of about 130iC;
Posjnack and Merwin,  1922; Smith and Kidd, 1949). In one of the cores from
the Atlantis I deep in the Red Sea deposits, hematite ~ was predominant,
suggesting the  proximity of high temperatures. In yet another assessment
relative to marine sediments  Berner (1969) calculated a maximum value of

~Ga = -0.15 kcal mole -1 for reaction 12 at 25jC and 1 atm.

Most of these early attempts at thermodynamic calculations were  fruit-
less  exercises, however, because they did not have access to the measured
heat capacity and entropy data for goethite published by King and Welle~
(1970).

Experimental Studies. The experimental approach  has not vyielded
clearer results. Smith and Kidd (1949) reviewed much of the earlier work
(especially Posnjak and Merwin, 1922) and conducted new experiments which
showed that goethite decomposes to hematite in  neutral solutions above 125

+ 15C and in alkaline solutions (0.1 N base) above 165 * 5;C at the vapor

pressures of water at those temperatures. The effect of pressure  on the
transition temperature was small Qess than 5jC per 1000 atmospheres). Un-
fortunately, they used color rather than x-ray diffraction techniques to
identify the solid phases in most of their  experiments. Though they stated

that the reaction could be reversed and hematite converted into  goethite

(x-ray identification) after  two years at room temperature, the result  was
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not well  documented. Berner  (1969) criticized Smith and Kidd (1949) for
reasons | have just stated and undertook his  own experiments. Berner's
approach was to measure the solubility of goethite and hematite in  strong

acid (0.01 M HCl) according to:

3H+ + FeOOH(s) |:eJr3 + ZHZO [13]
+ +3
3H + 1/ZFeZO3 Fe = + 3/ZHZO [14]
where the equilibrium constants for both reactions are:
(15]
When the two reactions are examined at the same pH
+3
~eO0H (Fe  )FeOOH
+3 [16]
(Fe )Fe O
Z3
and thus ~69 for  reaction IZ equals ~Go (reaction 13) - ~Go (reaction 14) or:
+3
(Fe  )FeOOH
RT Rn 3 [17]
(Fe )Fe O
Z3
The reactions (in 001 M HCI) were very slow at Z5{C and equilibrium was not
reached after  ZOO days. Thus the experiments were conducted at 85jC. The
solubilities of fine-grained goethite and hematite, starting from under-
saturation, were fo LlLowed with time. In addition, experiments were run

in - which  ferric chloride was added to hematite suspensions to examine the

approach  to equilibrium starting from supersaturation. The results of
Berner's (1969)  experiments are shown in Figure 13. The dissolution results
show that fine-grained goethite is more soluble than hematite at 85jC. The
precipitation and dissolution curves  for hematite suggest  that there are
kinetic problems  that prevent  reaching a truly reversible equilibrium.

Apparently, hematite crystallization is very slow.

Assuming that the steady state iron  concentrations from the dissolu-
tion  experiments represent equilibrium solubilities, the approximate free
energy change for reaction Iz at 85C is ~ -.ZO kcal mole-I. The free
energy could be even more negative because  goethite solubility was approached
only from undersaturation. This is equivalent to < -0.33 + 008 kcal mole-
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Figure  13.  Dissolution and precipitation curves for goethite and
hematite in 012 M HCl at 85 * 1jC. For two runs ferrichloride
was added to the original solution in order to study the approach
to equilibrium with  hematite from  supersaturation (fr,efm Berner,
1969). .
at 25;C and agrees well with Berner's (1969) calculated value of -0.15 kcal
mole-I at Z5{C. Thus Berner concluded that fine-grained goethite (and the
other  polymorphs of FeOOH as well) is unstable relative to hematite plus
water  over virtually all  geological conditions.

Effect  of Particle Size. A lot of the controversy about the goethite-
hematite stability may have been solved by Langmuir  (1971) who included new
basic  thermodynamic data for goethite as well as including the effect of
particle size on reaction 1Z. Ferrier (1966) measured the heats of solution

of goethite and hematite in HCI as a function of surface area at 70;C. From

his  study:
~Ho cal  mole-| = 3440 + 500 723 + 347
%s ) . - % y (18]
where x and yare the edge length in microns of hypothetical cubes of goe-
thite  and hematite, respectively. These results are equivalent to surface
enthalpies of hematite and goethite of 770 ergs cm-Z and 1250 erg emZ at

70;C. Using recently published values for the heat capacity and entropy  of

goethite, Langmuir  calculated the following values  for reaction 12 at 70;C.

74



6.48 + 02 cal deg_:'mole -1 [19]
970 + 04 cal deg_:'mole -1 [20]

Thus at 70iC and 1 atmosphere  total  pressure

a a
H3g3 - 343 S343 21]
or
112 + 520 _ 723 + 342
T ox y (22]

If we assume that the heat capacity is constant and that neither heat

capacity nor entropy is a function of particle size, then the free energy
for  temperatures near 343jK and 1 atm can be calculated from:
OaT T
MT = 6G343 + M343(1- 343) - ~Cp,343(343-T+2.30 T log 343) [23]
Including particle size effects gives:

-1
~GTcal mole ) = 1328 - 354 T - 1492 log 343

1. @446 -0211 T) + J- (68600097 T) [24]
~G~98 = 545 * 600 _ 81>i7 + 38y.9 [25]
The free energy of the goethite-hematite transition is a function of particle
size. This  equation is plotted in Figure 14 for three different cases.

For particles of goethite and hematite of equal size (curve Il) and
larger  than 1 pm, the surface  effects are negligible and ~G~98 = 545 % 600
kcal  mole-l. For particles of goethite and hematite progressively smaller
than 1 pm, goethite is favored for particles greater  than 0.08 um while
hematite is favored for particles smaller  than 0.08 pm. When the hematite
is larger than 1 pm and only goethite varies in  particle size,  goethite is
more stable  than hematite down to goethite particle sizes of about 0.15 pm
(curve 1II). Curve | represents the case for goethite particles greater  than
1 pm and a variable hematite particle size. Goethite is favored for all
sizes  of hematite for this  case. The area between curves Il and Il is

probably most  relevant for geochemical problems  because goethite particles
are usually smaller than those of hematite  when they are both present.
Furthermore, hematite crystals tend to be equant while goethite is needle-

like  which  further enhances the particle size effect on goethite.
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Figure 14. Effect  of particle size on the Gibbs free energy of the goe-
thite  ~ hematite ~ + water reaction. The special cases are shown (from

Langmuir, 1971) .
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Figure  15.  Relative humidity for  equilibrium between  coarse-grained
goethite and coarse-grained hematite from 0° to 100;C atl bar total

pressure (from  Langmuir, 1971).
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The free energy for reaction IZ from 00 to 100i{C at 1 atmosphere can
also be expressed as:
fH 0
-RT Rn ~2_
fa (6]
HzO
where fHZO is the fugacity of water at goethite-hematite equilibrium and
f~zo is the fugacity of water on the liquid-vapor curve. The goethite-
hematite stability as a function of temperature is shown in Figure 15 where
percent  relative humidity is the fugacity ratio times  100. This 'curve  shows
that  coarse-grained goethite is stable relative to coarse-grained hematite
in liquid water  (100% relative humidity) up to 80jC. At Z5iC goethite is
favored  for relative humidity values  greater than 40 percent. These results
are consistent with  Bischoff's (1969)  conclusion that the presence  of hema-
tite in some of the sediments in the Red Sea deposits requires a local  source
of high temperature.
Langmuir's (1971)  calculated results for  goethite-hematite equilibrium
as a function of temperature and pressure are shown in Figure 16. The curve
4000,r--------- f--f------ J-mmee ~
O.tpth
(Km)
2000
20
1000 10
100 150
Timp.rature (&e)
Figure  16. PHZO-T curves for equilibrium between  coarse-grained goethite
and coarse-gralned hematite and between 0.1 um goethite cubes and coarse-
grained  hematite (from  Langmuir, 1971).
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for  fine-grained goethite is about 80° lower than the curve for coarse-
grained  goethite. Clearly, fine-grained goethite is unstable relative to
coarse-grained hematite for the ranges of temperature and pressure  applic-
able to marine geochemistry.

Earlier we reviewed  Berner's (1969)  experimental study that suggested
hematite is stable relative to goethite (Fig.  13). Those results correspond
to ~G~58 ~ -1200 cal mole-I for reaction 12.  Substituting this  free energy
value into  equation 24 and assuming the hematite is coarse grained leads to
an estimated particle size of 0.062 pm for hypothetical cubes of goethite.

Electron micrographs of the goethite actually used in Berner's experiments

revealed lath-like crystals averaging 0.050 um in width and 0.284 um in
length. The dimensions are equivalent in area to hypothetical goethite
cubes 0.030 um on a side. While the agreement is not perfect, it suggests
that the conclusions of Langmuir and Berner are not incompatible. Possible
explanations for the disagreement between calculated and observed particle

sizes  include failure to include the effect of surface area on the entropy

of reaction and the effects of crystal coer and edge contributions to
dissolution.

Kinetics. Kinetics play an important role  in the goethite-hematite
transition. In principle, coarse-grained hematite can crystallize from
seawater  dissolving fine-grained goethite or by dehydration of fine-grained
goethite; however, the rates of conversion of goethite to hematite are ex-
tremely  slow at low temperatures and pressures. Hematite  appears in lab-

oratory studies only after months to years of aging at room temperature.

In addition, there is no convincing evidence that the reverse reaction
occurs. Coarse-grained goethite is stable relative to hematite; however,
hematite persists in sediments of Cambrian age in the presence of water.

To further complicate the picture are laboratory studies  that suggest
that  goethite and hematite  are not interrelated genetically by the simple
hydration-dehydration reaction (reaction 12) but are formed by separate
pathways from a common source  (Feitknecht and Michaelis, 1962; Fischer  and
Schwertmann, 1975). Environmental conditions playa decisive role  in de-

termining which of the two forms are produced.

Fischer ~ and Schwertmann  (1975) formed ferrihydrite from Fe(N03)3'
The initial solid  consisted of fine particles with an average diameter  of
50 to 100 A. Ferrihydrite has the same oxygen arrangement as hematite  with
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with  partial replacement of 0 by OH and HZO and with random distribution

and efficiency of Fe atoms.

Hematite is formed by ‘internal dehydration” of aggregates of these
amorphous  particles. Thus aggregation of the small ferrihydrite particles
followed by nucleation and crystallization of hematite appear to be the
essential steps of the process. Conditions which  enhance aggregation of
the ferrihydrite particles favor  hematite formation. These are the normal
conditions that favor rapid kinetics of coagulation of particles: higher
temperature, increasing suspension concentration, precipitation and aging
of the hydroxide in the neighborhood of its isoelectric point  (possibly

pH 7 to 8). As the aggregates form they gradually assume the hexagonal

shape of hematite.

Goethite, on the other hand, occurs when the Kkinetics of aggregation
of the ferrihydrite particles are slow. Goethite grows from the dissolving
ferrihydrite particles. This  dissolution and reprecipitation pathway was
called reconstructive transformation by Mackay (1960). The conditions
that would favor  goethite formation include low temperature, low suspension
concentration and pH values away from the isoelectron point  for ferrihydrite.
This is supported by Schwertmann and Fischer's (1973) observation that goe-
thite  was formed by aging ferrihydrite in 1 M KOH.

Implications. Thermodynamic  calculations indicate that  coarse-grained
(>1 ) goethite is stable relative to coarse-grained hematite in water up
to about 80jC at one atmosphere  pressure. However, because goethite in
marine  sediments is fine grained, it is probably unstable relative to
coarse-grained hematite for most geological conditions. Particle size
effects represent a major control on the relative stability. For kinetic
reasons the conversion of goethite to hematite is slow so that goethite
is more common than hematite in most recent low-temperature geochemical
deposits. Hematite, once formed, does not appear to rehydrate to form
coarse-grained goethite.

PATHWAYS OF FORMATION

During the past few years the slow hydrolysis and precipitation of
iron has received considerable attention in  laboratory studies. While
these  experiments are frequently conducted  under conditions not observed
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in nature, the results are highly instructive for  understanding the path-

ways of formation of the different iron  oxides.
Hydrolysis of Iron  (lll) Solutions

The slow hydolysis of iron  (Ill) basically follows the same pathway
in all solutions except those containing Cl-. In all cases (except Cl-

the end product is goethite (a-FeOOH). When Cl- is present  akaganeite
(S-FeOCH) is formed.

N03 and Clo3 Solutions. When less than stoichiometric amounts  of
base are added to ferric iron  solutions of NO;, Cl- or CIO~, the first
entities to form are spherical polycations of 15-30 A diameter (Murphy
et al, 1976a,b,c). These polycations have the same structure regardless
of the solution and appear to be similar to the material called ferrihydrite
by Chukhrov et al. (1973). These polycations grow and age into easily
recognizable a-FeOOH or B-FeOOH. The divergency in the aging behavior
is due primarily to the presence or absence of Cl-.

In NO; (Murphy et al, 1976a) and CIO~ (Murphy et al, 1976¢c)  solutions

the spherical polycations form over a wide range of OH-added/Fe-added ratios
and in all cases form a goethite precipitate. The polycations were ob-
served after  four hours. As the solutions aged, rods appeared that were
composed of two to five linked  spheres. The proportion of isolation poly-

cation  spheres decreased as more of them are tied wup into rods. With  time

these rods form rafts; however, the rods remain the same length. The
spheres  comprising the rods tend to become less distinct with age as some
sort  of structural rearrangement occurs in the rods. The individual rods
and spheres gave no electron diffraction pattern, but in the rafts where
coalescence had occurred goethite was identified. There is a clear pro-
gression from  spherical polycations to rods to rafts in these solutions.
These changes take place as the polycation charge decreases due to the slow
hydrolysis of water. Under some conditions, laths  of lepidocrocite (y-FeOOH)
may form during the early stages of hydrolysis of NO; and CIO~ solutions.
These laths appear to form during the early stages directly from  unpoly-
merized  ferric species (Fe(OH)+2  and Fez(OH);4). Once the polycations
dominate  the system no more lepidocrocite forms and goethite forms  from

the polycations. The lepidocrocite formed appears to dissolve and contri-

bute iron to the polycations.
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Dousma and De Bruyn (1976) studied Fe (lll) hydrolysis in  NO; solutions

by a base titration approach and also found a-FeOOH to form at 240 and 550C.
All  precipitations at 90iC vyielded hematite (a-Fe203) as the end product.
Again, small  polymeric species  served as intermediates (ferrihydrite?).
They proposed a hydrolysis-precipitation process  which incorporates olation
(OH-  addition) as well as oxolation as represented below.
OH ¢] OH ] o
FeOH)2+ t- - 1Fe" e e Mre
'OH/  'OH/  'OH/
H OH-
n+
Fe/ OHFe' OH]  t [ Fe' OHpe/ OH]
‘0T 'O 'OH/  'OHF
n/2 n/2

Matizevic and Scheiner (1978) have also found that a-F9203 and a-FeOOH
result from hydrolysis of Fe(N03)3 and Fe(CI04)3 solutions and aging at
100;C.

Cl  solutions. As for NO; and CIO~ solutions the initial products
of hydrolysis of Fe (lll) in Cl- solutions were 15 to 30 A spherical poly-
cations. These spheres then link  together to form short rods two to four
units  long. These rods continued to grow in length (to 200 A) and thickness
(to 300 A) apparently by addition of unpolymerized ferric species  rather
than by addition of spheres. Eventually raft-like arrays  of these rods
formed and were identified as S-FeOOH (Murphy et al, 1976b). Some of the
smaller  poly cations dissolve in order to provide a source of unpolymerized
ferric species. The CI- ion must inhibit the addition of spheres to the
rods while  allowing growth using the unpolymerized ferric species. Cl-
can even change the course of the hydrolysis of polycations made in NO;

solutions if it is added before one day has elapsed (Murphy et al, 1976d).
Many authors  have verified that S-FeOOH is the product of hydrolysis

in Cl- and F- solutions (see earlier discussion of the structure). We

have also found that S-FeOOH is the solid phase that forms when Fe (lll)

is precipitated in seawater at 25{C (Murray, 1978). Matizevic and Scheiner

(1978) also found S-FeOOH to form at 100iC; however, with extended aging

at that temperature it converted into  hematite. A schematic  diagram  of
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the two different hydrolysis pathways of Fe (Ill) in different anionic
solutions is shown below:
Fe (Il manomers
REDISSOLVE
spherical ;OlYCation~
NO;, clot; -
t
rods longer, thicker rods
raﬁ; ralfts
n b
goethite | (a-FeOOH) akaganeite (S-FeOOH)

One question that is not clear at this time is the relationship of
the  spherical polycations of Murphy et al. (1976d) to the ferrihydrite
crystals of Towe and Bradley (1967) and Chukhrov et al.  (1973). The size
and shape appear to be similar, yet Murphy et al. (1976d) could obtain no
indication of structure in the polycations by electron diffraction. More-
over, the pathway of conversion of ferrihydrite to goethite is thought to
occur by dissolution and reprecipitation (Fischer and Schwertmann, 1975)
rather  than the rods to rafts mechanism described above. It appears that
goethite can form from either ferrinydrite or from spherical polycations
by different pathways.

Oxidation of Fe (I) Solutions

Whereas goethite (a-FeOOH),  akaganeite (S-FeOOH) and hematite (a-Feo0q)
are the forms of iron oxide hydroxides that  result from hydrolysis and pre-
cipitation of Fe (lll) from aqueous solution, a wide range of different
compounds are formed from the oxidation of Fe ()  solutions. A summary
of these pathways is shown schematically in Figure  17.

Ferrous  iron  will exist in  solution as Fe+z, FeOH+ (colorless solutions)
or precipitate as Fe(OH)2 (amakinite) (white) depending on the pH and Fe
concentration. The solubility of Fe(OH)Z(S) is pKSo = 147 moles3.R.-3
(Stumm and Morgan, 1970). At pH 8 the equilibrium iron  concentration is
Fe+? = 10-Z.7M\. In seawater  or interstitial waters  this  concentration is
never reached because saturation with Fecog(s) is always reached at a lower
concentration of Fe+2. For example, if [CO;] = 10-4M, the Fe+2 in equilib-
rium  with FeCOS(s) (pKSO = 10.4) is Fe+2 = 10-6.4.
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slow

+2  F OH+ .. Green Solution Comflex -q
Fe .. e , Cl- or I, S04 ~St
t t 00 .
Fe(OH)2(s) -  GH-n C~~s~r II, S04) fast ~ YFeOOH .. a-FeOOH

(fast in neutral to acid solutions)

, _ Ferrihydrite
violent (strong  acid or base)
oxidation

0-FeOOH
Figure 17.  Schematic pathways for the oxidaton  of Fe(ll).

As Fe (Il) is oxidized in  neutral or slightly basic  solutions it passes
through  green intermediate products. Either ~ green solution complexes  or
solid green rusts may form depending on the conditions. Further  oxidation
at pH values around neutrality is governed by their  existence. The oxida-
tion of Fe (1) to Fe (Il by dissolved Oz in neutral and slightly acidic
solutions follows the rate law:

d Fel) =k Fe(l) (02) ©OH)Z
(Stumm and Lee, 1960; Singer and Stumm, 1970; Tamura et al., 1976; Kester
et al, 1975; Murray and Gill, 1978). Thus the relative amounts of OZ'
Fe (1) and OH- wil influence the rate of oxidation and consequently the
end product that forms.

The green solution complexes are composed of both Fe () and Fe (Il
held  together by 01- and oxo-bridges formed during the consumption of OH-.
Green complex | forms from CI- solutions while  green complex Il forms from
SO~ solutions. The Fe(ll)/Fe(ll) rato  is ZI1 in green complex | (Kiyama,
1969), while in green complex Il it is 1:1 (Misawa et al, 1973). Accor-
dingly, the formulas are estimated to be:

GC. [Fe(INZFe(lll) 0 (OH)y](7-Zx-y)+
G.C. 1 [Fe(INIFe(lNIOX(OH)y] (5-Zx-y)+

Misawa et al. (1973) have also observed that in CIlO~ solutions the Fe(ll)/
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Fe(lll) ratios in the respective green rusts is the same as the green com-

plexes  (Misawa et al., 1974). Schwertmann  and Thalmann  (1976) describe
green rust as a greenish-blue crystalline compound of alternating (Fe+z,
Fe+3)3(OH,O)8 and Fe+3(Oz, anion-)Z layers (Feitknecht, 1959). According
to this formula the Fe(ll)/Fe(lll) rato  may vary from 3.6:1 to 081
without changing  the principal structure (Feitknecht and Keller, 1950).
The included anions are integral parts  of the structure. The green rusts
are stable at a much lower pH than Fe(OH)Z(S) Bernal et al. (1959) use
the formula  Fe(OH)8 or Fe304'4HZO for green rust and estimate the solu-
bility product  as:

KSO = (Fe+d) (Fe+d)z(OH)8 < 10-8
Though a specific Fe(Il)/Fe(ll) ratio  is indicated, Bernal et al.  (1959)
did not actually make this  measurement. Both green rust | and Il have
predominantly a hexagonal structure (Table 1).

Lepidocrocite (y-FeOOH) or magnetite (Fe304) form by the further
oxidation of either green  solution complexes  or green rusts. The pathway
depends on the initial concentration of ferrous iron. At low Fe (I) con-
centrations the green complex pathway is favored.

Magnetite (Fe304) can form by the slow oxidation of dissolved Fe ()
in  neutral and slightly basic  solutions. Misawa et al. (1974) argue that
the green rusts and solution complexes must be intermediates in  this
process. It would be difficult for Fe(OH)Z(s) which has a hexagonal
close-packed oxygen structure to convert  directly into Fe304 which  has
a cubic  close-packed structure. Consequently, Misawa et al. (1974) suggest

that the green rusts have both hexagonal and cubic layers  of close-packed

oxygen. For Fe304 (inverse spinel) to form from Fe(OH)Z' two of three

Fe(OH)Z  molecules must be oxidized as well as dehydration, deprotonation

and reorganization. Hence, Fe304 is only possible during  slow oxidation.
The magnetite that forms by slow oxidation of Fe (ll) eventually may

convert into  maghemite (y-FeZOS) (Taylor  and Schwertman, 1974a,b). It has

been suggested that the formation of y-Fe203 by slow oxidation of Fe (Il)

(through the intermediates green rust and Fe304) is the major source of

maghemite  in Australian soils (Taylor  and Schwertmann, 1974a). Taylor and

Schwertmann  (1974b) were able to make synthetic maghemite  under conditions
similar to those expected in soils. The Fe (I) content of the synthetic

maghemites  varied  from Z-7% of the total iron. This is on the low side of
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the possible range of the maghemite-magnetite series (0-33.3%).
Fe concentra-

y-Fe 0
formation was favored by lower oxidation rates, higher  total o
tions, higher  temperature and higher pH (7 vs 6). Maghemite  will  not form
if the pH is less than 6 (Schwertmann and Thalmann, 1976).

Lepidocrocite (y-FeOOH) formation appears  restricted to the cases of
rapid  oxidation of Fe (Il), either through  green rusts or green complexes
as intermediates. Because of the rapid oxidation and incomplete depro-
tonation of green rusts y-FeOOH has a disordered cubic  structure of oxygen

and hydroxyl groups. Another view is that on fast oxidation the Fe (Il

proportion in green rust wil increase rapidly leading to complete  oxida-

tion before a dehydrated cubic phase can be formed (Taylor and Schwertmann,

1974b). In spite of this general knowledge, a large number of details on

the mode and conditions of lepidocrocite formation are still obscure. In

a qualitative sense the oxidation rate. of Fe (I) depends on the Oz supply

in  relation to the amount of green rust formed in the system. For a low

OZ/green rust ratio  maghemite is formed. As the ratio increases lepido-

crocite is the only oxide to be formed. At still lower  ratios (especially

at low pH and low Fe (lIE ferrihydrite forms in place of lepidocrocite.
As shown in the schematic pathway diagram (Fig. 17), y-FeOOH can also

form  directly during  oxidation of Fe (Il) solutions without the presence

of the intermediate green compounds (Misawa et al, 1974). This  poly-

merization process may be as follows:

HO

FeOH' ~ Fe(OH)Z' ~ " Fe-Q-Fe-OH *+
HO/ t o
precipitation
y-FeOOH

Although lepidocrocite may occasionally form from pure Fe (lll) systems

(e.g., Murphy et al., 1976a), it is generally agreed that its formation in

most  geochemical environments requires Fe (I). Lepidocrocite is less

stable  than its polymorph  goethite. Laboratory studies indicate that  this

transformation is through  the solution phase rather  than topotactic
(Schwertmann  and Taylor, 197Za,b). The rate-controlling step can be either
(1) the dissolution of lepidocrocite or (Z) the formation of goethite nuclei
and subsequent  growth. The kinetics are faster at higher  temperatures and
in more alkaline solutions. In strong acid or base oxidation of Fe (Il)
can lead to the formation of small  spherical (40 A) ferrihydrite particles
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which  link  together in linear arrays  which age into  goethite (Murphy et al,
1976a; Schwertmann and Thalmann,  1976).
The final pathway to be discussed from Figure 17 is the violent oxida-

tion of white Fe(OH)Z(S) and green complexes and green rusts by HZOz or Oz

in  strongly alkaline solutions to form brown, ferrimagnetic 0-FeOOH (Misawa
et al, 1974). The oxidation is thought to be a topotactic or solid-solid
transformation between two solid phases of hexagonal close-packed structures
of oxygen.

Fe(OH)Z + 1/Z0Z ~ o0-FeOOH + 1/ZHZO

Fe(OH)Z has a Cdlz-type structure while  0-FeOOH has a more disordered Cdly
structure (Bernal et al, 1959). 0-FeOOH has not been observed in nature.
Chukhrov et al. (1976), however, reported finding a disordered form  which
they called 0-FeOOH and for which they proposed the mineral name feroxyhyte.
This  proposal should be viewed with caution, because it is highly unlikely
that the necessary  precursor Fe(OH)Z(S) would form in a natural environment.
From the preceding discussion certain trends  emerge. Some minerals
can serve rather  confidently as indicator minerals for certain pathways  or

certain conditions:

Akaganeite (S-FeOCOH) is formed only from Cl-rich solutions. A simple
prediction would be that hydrolysis of iron (Il) in seawater should produce
primarily akaganeite.

Lepidocrocite (y-FeOOH) appears to be a reliable indicator of rela-
tively rapid  oxidation of Fe ()  solutions.

Magnetite (Fe30 4) and maghemite (y-Fezog) result from the relatively

slow oxidation of Fe (Il)  solutions.

0-FeOOH would  result from the violent oxidation of Fe(OH)Z(s).

Goethite (a-FeOOH) is a poor indicator mineral as it is the end product
of both hydrolysis and oxidation pathways. According to the results sum-
marized here,  goethite should be an indicator of the absence of CI- which
inhibits its  formation through  the solution phase. Thus, the widely re-
ported  occurrence of goethite in marine  sediments and ferromanganese nodules

could be considered anomalous.
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OCCURRENCESIN THE MARINE ENVIRONMENT

The literature reviewed herein has led to the hypothesis that  the
occurrence of some iron minerals in marine  deposits may provide  valuable
clues to the pathways of formation and the geochemical environment. The
strength and generality of these clues needs further testing by detailed
studies of the field occurrence of specific minerals.

Most of the iron phases discussed have been suggested or positively

identified in marine sediments  or ferromanganese nodules. Identification

is difficult. The iron  oxide/oxyhydroxide minerals are fine grained and
poorly  crystalline so that attempts to identify them by conventional X-ray
diffraction techniques have often been unsuccessful. Electron diffraction
techniques have found increased use.  Mossbauer  spectroscopy is a frequent
approach; however, because of the symmetry of the d5 electron shell  in the
ferric jon, it is not always possible to get a uniqgue spectrum  from each
of the different minerals. In  addition, in small particles a significant
fraction of the Fe+3 ions are at or near the surface of the ‘“crystal" re-
sUlting in  significant line  broadening. Some investigators have attempted
to interpret this in terms of more than one iron oxide phase. Table 7
summarizes  some observations. For more review see Chester and Aston (1976),
Elderfield (1976),  Cronan (1976), Burns and Burns (1977; in press) and

Glasby  (1972).

There are some occurrences or lack thereof that  require special

comment.

(A) Akaganeite (S-FeOCH) is the form of iron that precipitates from
Cl-  solutions such as seawater. Biedermann  and Chow (1966) first made this
observation at seawater  concentrations of Cl, and we have verified the
finding in our own experiments. Some confusion still exists  because Riley
and Chester  (1971) incorrectly stated that the solid Biederman and Chow
precipitate was goethite (a-FeOOH).

It is possible that the failure to identify S-FeOOH is because it

rapidly converts to the more stable  goethite under seawater  conditions.

We have found in our experiments, however, that S-FeOOH is stable for up
to two years at pressures up to 1000 atmospheres. It may be that akaganeite
is simply too small to be identified by classical x-ray  diffraction tech-
niques.

Another  possibility is that in some cases it may have been misiden-
tified as phillipsite. Many studies of iron-rich hydrothermal deposits
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Table 7, Somereported occurrences
Mi nera 1 Formula

ferri  hydri te 5 Fe203'9 H,0
goethite a-FeOOH

akaganete B-FeOOH
lepidocrocite y-FeDOH

of iron oxide minere 1s.
Occurrence

Freshwater springs in
N. England

Freshwater springs and

Red Sea hydrothermal
depos its

Red Sea hydrothermal
deposits
Mar; ne nodules

Marine Mn-Fe nodules
and concretions

Pacific sediments

Gulf of Mexico

Nazca Plate sediments

Marine gastropods

Red Sea hydrothermal
brine deposts

New Zealand  soils

Har+ne and fossil
manganese  nodules

Hanganese nodul es
Bauer Deep Sed; ments

Manganese  nodul es

Sediments  of

Indian  Ocean

Red Sea hydrothermal
deposi ts

Soi Is

88

Reference

Coey & Readman (1973)

chuknrov

Bischoff

Calvert

Buser &
Gru'tter

Johnson

et al , (1973)

(1969a)

(1978)

Grutter(
& Buser(

1956)
1957)

& Glasby(1969)

Manhei m (1975)

Glasby

Hein et

(1972)

el .

(1976)

Watson & An9ino(1969)

Heath & Dymond (1977)

Lowenstam (1962)
Bischoff (1969a,b)
Logan et at. (1976)
Johnston & Glasby
(1978)

Goncharov et al . (1973)
Chukhrov et al . (1978)
Chukhrov et al . (1978)
Goodell et al, (1971)
Glasby (1972)

Okada et al . (1972)
Harrison & Peterson
(1965)

Bischoff (1969a)
Strangway et al.(1969)

5chwertmann &

Thalmann

(1976)

Corrments

No X-ray di ffracti on

pattern. Shapeless
parrCles less .than
100 that convert to
hematite  in electron
beam.

Identified in condi-

ti ons favor; ng rap; d

hydrolysis or oxidation
of iron. Frequently
associated ~ with iron
bacteria (Gallionella,
Leptathrix, Toxathr ix}
In association ~ with

goethi te as 1-30pm
spherical particles
Postulated to occur
Identified in residuals
of acid leached nodules
Mossbauer

Reported as opague fi nes

in sed; ments of OOMES
Site C
Iron-rich  layers in sedi-

ments give weak goethite
X-ray patterns

Traces of goethi te and
iron-ri ch smectite

X-ray ident; fi cat; on
;n teeth of several
species

Extens; ve beds of
orange to yellow
goethite  + amorphous
materi al (ferri hydri te?)
Proposed to be a major
form of iron in soils.
Evidence based on fitting
multiple peaks to
Mossbauer spectra

Based on Mossbauer  curve
fitting, No X-ray evidence
i dentifi

Mossbauer cati on

There have been many reports
especially in association
with other minerals

Reported as a minor consti-
uent associated with
goethite and maghemite in a
core from 23i56'5, 73{53E

Identified
diffracti
fracti

by X-ray
on in 2-62um
on

Occurs in hydromorphi ¢
soils  from many regions.
Appears to form by oxi da-
tion of Fe(ll).



Table 7. (cont .)

Ni nera 1 Formul a
feroxyhyte 6' -feOOH
hemati te

magnet; te

maghemi te

Occurrence

Marine  chiton

Manganese  nodules

Red Sea hydrotherma 1
sediments

N.E. Equatorial  Pacific

Manganese nodules  (fresh
water and sea water)

Pacific sediments

Red Sea hydrothermal
sediments

Mar; ne chitons

Ner tne bacteria  and
fresh  water

Mar; ne sed; ments

Manganese nodul es

Crusts from Jan Basin
Paci fi ¢

Sediments

Soils  (Britain)
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Reference

Lowenstam (1967)

Chukhrov et al , (1976)

Bischoff (1969a,b)
Strangway et al.
(1969)

Hein et al . (1976)

Carpenter et al.
(1972)

Kobayash t & Nomura
(1974)

Hackett & Bischoff
(1973)

Lowenstam (1962)

Blakemore  (1975)
Frankel et ai. (1979)

Haggerty  (1970)

Goodell et al.(1971)

Berti ne (1974)

Harrison &
Peterson  (1965)

Oades & Townsend
(1963)

Comments

In mature dent; cles of
three species of mar;ne
chiton. Always found
between apatite and mag-
netite layers.  In tropi-
~~~M2ediments may be 10

Impossible to separate
pure o'FeOOH. Found as
admixtures ~ with clay
minerals and/or goethite.
Present as yellow-brown,
0.1-0.4 n plates, Diff-
raction lines simi lar to
layer silicates but con-
verts to wustite under
electron beam

In two cores from Atlantis
1l deep. Proposed to form
by dehydration of goethite

observed; n DOMESsite C

Thermomagneti ¢

properties suggest  presence
of magneti te and maghemite,
Not more than 0,1-0.6%

Observed in 10-50 u 5;ze
range in extracted ferro-
magnet i c minera 15. Angular
shape suggests detrita 1
origin

Identt fi ed ;n one core from
Atlantis Il deep, In
coexistence with  hematite.

Found on denticles of the
radular  teeth of marine
chitons (Polyplacophora)

Certain  bacteria contain
chains of magnetite.
Bacteria may use magnetic
field to find anoxic sedi-
ments.

Studied 110 samples from
22 pelagic cores. Observed
ox; des ; n magnetite-
ulvospinel and hematite-
ilmenite solid  solution
series. High T origin.

Found in five nodules from
South Pacific, Scot; a Sea
and Drake Passage

In dredge samples of
tholeiitic basalts.
Apparently from weathered
magnet; te.

In top of two cores from
Indian  Ocean. X-ray

identification. Spacings
suggest  incompletely oxidized
magneti te

Maghemite present in  most
soi 1s and formed by

pedologic  processes  from
action of organic matter.



identify phillipsite as a component based on x-ray diffraction patterns
(e.q., Dymond et al, 1973; Lyle et 1977). In some cases this is
supported by visual verification in the coarse size fractions. Considera-
tion of Figure 18 demonstrates the problem. This is a differential X-ray
diffractogram of iron-rich sediments  from DSDP cores (Dymond et al, 1973).
It was obtained by subtracting the diffractogram after  a reducing-acid

soluble leach from a diffractogram taken before the leach. Thus it repre-
sents the diffractogram of the leached material. Peaks labeled G and P
were identified as goethite and phillipsite, respectively. The solid lines
drawn on the figure  represent the major lines of akaganeite precipitated

from seawater. A combination of goethite and akaganeite may be an accep-
table  alternative explanation.

(B) The Red Sea metalliferous brine  deposits are an exciting location
for mineral discoveries. Goethite, lepidocrocite, hematite, magnetite and
maghemite  have been observed  (Bischoff, 1969a,b;  Strangway et al., 1969;
Hackett  and Bischoff, 1973). The pathway of genesis proposed by Bischoff
and co-workers is that iron hydroxides (limonite) precipitate at the inter-
face between the 56{C and 44{C brines. The precipitate settles to the
bottom where it dehydrates to goethite. Further  dehydration results in
hematite. Magnetite may subsequently form from hematite according to:

as

5o

29
Figure  18.  Differential x-ray  diffractogram of the reducing-acid soluble
fraction of DSDP sample 39-Z-6 (from Dymond et al., 1973). Dymond et al.
(1973) concluded that phillipsite (P), carbonate fluorapatite (phosphorite)
(C) and goethite (G) were present in this sample. The major lines  for
akaganeite precipitated from seawater are shown as (A). In this case
phillipsite was confirmed by usual observation of the Z-6Z pm size fraction,
but the diffractogram demonstrates the difficulty that might be encountered
in relying on x-ray data alone.
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Thermodynamic  arguments  support each step in this reaction sequence.

An alternative that comes from these notes is that magnetite and
lepidocrocite will  result by varying the Kkinetics of oxidation of Fe+Z at
the brine-seawater interface. These kinetics would be controlled by the
concentration of Fe+Z and 07 as well as pH of the brine and the rate of

mixing at the interface.

(C) Geophysicists have long regarded that the magnetic signature
in marine sediments is due to high-temperature detrital Fe-Ti  oxides.
It is well known that iron can be reduced to Fe+Z at some depth in some
sediments (especially those more organic  rich). The upward gradient in
Fe (ll)  concentration produces a flux which in most cases is consumed by
oxidation of Fe (Il). The discussion presented  here suggests that magne-

tite and maghemite form by the slow oxidation of Fe (l) and thus could

form authigenically in marine  sediments.
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Chapter 3
SILICA POLYMORPHS

Miriam  Kastner

MINERALOGY

Opal-cr and quartz are the two most common authigenic silica phases in
deep-sea  sediments. Opal-C, the high-temperature polymorphs of cristobalite
and tridymite, and authigenic opal-A are very rare polymorphs in this en-
vironment.
Opal-cr

Siliceous rocks and the silica phase that have the characteristic X-ray
diffraction pattern shown in Figure 1 were originally referred to in the
literature as lussatite (Mallard, 1890; Florke, 1955), and subsequently just
as cristobalite, a-cristobalite, or disordered cristobalite. In 1971, Jones
and Segnit introduced the term opal-CT, which since has been widely accepted
in the literature. The three peaks near 4.3, 4.1, and 25 A were interpreted
by Florke  (1955) to represent a unidimensionally disordered three-layered
structure of low cristobalite (the peaks near 4.1 and 25 A), with stacking
disorder in the [l direction, resulting in a tridymite maximum near 4.3 A
Jones and Segnit (1971) have shown that stacking disorder in opal-cr causes
OPAL -A

CHALCEDONY

50i 40j 30j 20i 30j 20j
Figure 1. X-ray diffraction patterns of opal-A, opal-cr, opal-C, and quartz,
CuKa radiation, according to the classification of Jones and Segnit (1971)

(from  Kastner, 1979).
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shifts in the d(IOl) cristobalite peak, at about 4.1 A. A progressive

sharpening and a shift  towards smaller  d(10l) spacings  of opal-CT with

increasing burial depth has been observed by Murata and Nakata (1974) and
Murata and Larson (1975) in the Monterey  Formation, California. These
observations were interpreted by them to represent solid-state "ordering”

of the "disordered" opal-CT. Similar progressive sharpening and a decrease
in the d(10I) opal-CT  spacing was observed  experimentally by Mizutani (1977)

and Kastner and Gieskes (in preparation).

Wilson et al. (1974), however, suggested that on the basis of crystal
morphology and electron diffraction patterns of opal-CT, it s disordered
low tridymite. But the x-ray diffraction pattern of tridymite does not

resemble the one shown in Figure 1 for opal-CT, and according to Jones and

Segnit  (1975),  disordered low cristobalite may also be responsible for the
electron diffraction patterns observed by Wilson et al. (1974).

Opal-CT has also a characteristic infrared absorption spectrum  (Jones
and Segnit, 1971). The amount of water in opal-CT ranges from a few to

about 13 weight percent  (Keene, 1976).

Keene (1976) has observed the following forms of opal-CT in deep-sea
sediments:
1) Massive opal-CT, the most common form. It occurs as cement and

matrix  replacement.

2) Opal-cr lepispheres which  are spherical aggregates of intersecting
platy or bladed euhedral crystals (Wise and Kelts, 1972),  shown
in Figure 2a. They range in size from about 4 to 30 pm.

3) As casts of radiolarian tests  with  granular to partly bladed
texture.

4)  Optically fibrous opal-CT.

The last two forms of opal-CT are less common than the massive and

lepispheric forms.
Quartz

Quartz  occurs  as: (1) chalcedony, a cryptocrystalline variety of
quartz  which  shows a fibrous structure under the microscope and has a
somewhat lower index of refraction than micro-  or mega-quartz; (2) mas-
sive quartz  without distinct crystal faces, composed of crypto- to
micro-crystals, smaller than 20 pm; and (3) mega-quartz, subhedral to
euhedral  crystals, greater than 20 pm, occurs as drusy quartz or as

vein or crack fillings.
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Figure 2. Scanning electron microscope photographs of: (@ opal-CT lepispheres from

Eltanin core  47-15, 57i17.3'5, 78i48.5°E, the starting material for  hydrothermal experiments
of opal-CT to quartz transformation; (b)  through (e), various stages of quartz crystalliza-
tion from  opal-cr lepispheres; from  platy quartz through coalescing plates and to almost
euhedral quartz crystals; (f) euhedral quartz crystals in a pseudo-lepispheric arrange-
ment,  crystallized under  hydrothermal conditions from the lepispheres shown in Figure 2a.

White  bars on lower right of (@ and (f) represent 10 pm, of (b), (c), and (d) represent
3 pum, and of (e) represent 24 pm.
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The following varieties of chalcedony in deep-sea  siliceous rocks

were observed by Keene (1975, 1976): length-fast, length-slow, and lute-
cite,  which is a variety of length-slow chalcedony, with the c-axis  forming
an angle of 30° with the axis of the fibers. Folk and Pittman (1971),
Pittman and Folk (1971), and Folk (1973) suggested that length-slow
chalcedony indicates a shallow-water origin and evaporite conditions.
The occurrence of length-slow chalcedony in the deep-sea  environment in
association with  Mg-calcite, dolomite, and/or  barite suggests a chemical
control on the formation of these various habits  of chalcedony, but not
necessarily evaporitic conditions.

The occurrence of the following additional silica phases seems to be
very rare in deep-sea  sediments: opal-C (Jones and Segnit, 1971), which
is associated with  lava flows, is a well-ordered a-cristobalite with  only
slight line  broadening and minor evidence  of tridymite stacking; euhedral
crystals of high-temperature cristobalite and tridymite (Klasik, 1975), and
authigenic opal-A  (Heath, 1969; Hein et al, 1978).

SEQUENCES AND FORMATION RATES OF OPAL-CT AND QUARTZ

Although  volcanogenic and hydrothermal silica locally participate in
the formation of authigenic silicates, biogenic silica is the primary
source of most opal-CT and quartz in deep-sea  sediments. The order of de-
creasing importance of organisms that contribute large  quantities of
siliceous remains to the sediments is: diatoms, radiolarians, sponge
spicules, and silicoflagellates. Their  distribution in the sediments
reflects surface  productivity.

EvLdence from deep-sea sediments  supports the following most common
recrystallization sequence of siliceous 00zes: siliceous ooze (opal-A) +
porcelanite (mainly  opal-CT)  + chert (mainly  chalcedony and quartz).

These transformations proceed by a solution-precipitation mechanism

(e.g. Carr and Fyfe, 1958; Kastner et al, 1977; Stein and Kirkpatrick,
1976). Murata and Larson (1975) and Murata et al. (1977) suggested a

solution-precipitation mechanism for the opal-CT to quartz  polymorphic
transformation on the basis of oxygen isotope studies  of porcelanites and
cherts  from the Honterey  Formation, California.

The assumption that  temperature and pressure are the only physical-

chemical  factors which  control the above transformation sequence  requires
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that,  stratigraphically, siliceous ooze should occur above and chert beneath
pOlJcelanite. However, numerous exceptions to this  stratigraphic sequence
have been observed; opal-CT is more common in clay-rich sediments  and quartz
in carbonate sediments  of the same geologic age (for example, Lancelot,

1973; Keene, 1975, 1976; Kastner et al., 1977). Kastner et al. (1977) ob-
served that in hydrothermal experiments between 500 and 150;C, the rate of
opal-A to opal-CT transformation is enhanced in the presence of carbonate

by the formation of an unidentified nucleus, a compound which contains Mg+2
and OH- in the ratio 1:2, which serves as a template for opal-CT crystal-
lization. Carbonate  dissolution is a continuous source for the necessary
alkalinity (OH-), and sea water is the source of Mg+2 for the nucleus. In
the presence of clay minerals, in particular smectite, this  transformation

is retarded. The clay minerals actively compete for the Mg+2, and especially
for the OH-, and there is no readily available source of OH- to replenish

the consumed sea water alkalinity. Clay minerals do not have a direct effect
on the transformation rate of opal-CT to quartz (Kastner and Gieskes, in
preparation)

Temperature, pressure, and pH of solution strongly affect the trans-
formation rate. of opal-CT to quartz (Campbell and Fyfe, 1960; Fyfe and McKay,
1962; Mizutani, 1966; Emnst and Calvert, 1969; Kastner and Gieskes, in  prep-
aration). In addition, Kastner and Gieskes observed that ionic  strength
and the solution chemistry (for example, ratios of various anions)  also
strongly affect the rate of this  polymorphic transformation. A decrease
in the d(lOl) spacing of opal-CT is observed prior to its transformation
to quartz. Figures 2b to 2f show the various steps of quartz formation
from a precursor of opal-CT  lepispheres, the starting material (Fig. 2a).

Direct  precipitation of quartz  from solution without an opal-CT pre-
cursor is possible in  geochemical environments in which the dissolved
silica concentration is below the inferred solubilities of opal-CT. This
has been shown experimentally by Mackenzie and Gees (1971) and by Kastner
et al (1977). In the deep-sea  environment, this is possible either  during
the earliest diagenetic stages of particularly permeable  carbonate oozes with
disseminated biogenic silica, or during the latest diagenetic stages  of
siliceous sediments  in which opal-A has been consumed. The very early
direct precipitation of quartz is represented by chalcedony filling of

foraminiferal chambers  described by Heath and Moberly (1971), and the
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occurrence of drusy quartz in several deeper sections of deep-sea  siliceous
sediments  represents the later  diagenetic stages, during which quartz for-

mation may proceed  without an opal-CT precursor.

Reprecipitation of opal-A seems to be an extremely rare phase in deep-
sea sediments. The only two reports of reprecipitated opal-A are by Heath
(1969) as cement of clay minerals, and implied by Hein et al. (1978) in

diatomaceous sediments  from the Bering Sea.

The transformation of siliceous sediments  to porcelanite and chert
results in a volume reduction by a factor of 4 to 10 (Keene, 1976) and in
a decrease in porosity from 70 to 80% to less than 10% in cherts. Conse-
quently, brecciation may develop.

A compilation of data from 37 DSDP volumes of rates and temperature of
formation of opal-CT in deep-sea sediments  show the following relationships
between time (t in millions of years) and temperature (T: C) of opal-CT
formation (Kastner, 1979):

) t = 80 - 2T + 001T2
II. t =83 - 45T + O.IT2 - O.OOIT3

The scarcity of reliable data for opal-CT to quartz transformation did
not allow the derivation of similar equations for this  polymorphic trans-
formation.

SOLUBILITIES ~ AND DISSOLUTION RATES OF SILICA POLYMORPHS

In unsaturated solutions at ordinary temperatures and at pH values < 9,
silica is mostly in true solution as monosilicic acid, Si(OH)4 (e.g. Stumm
and Morgan, 1970). In addition to pH, the solubility of silica is a function
of the crystalline state  of the solid phase and of temperature and pressure.

The solubility of quartz at 25C and 1 bar is ~6 ppm (100 pM) (Morey
et al, 1962). Mackenzie  and Gees (1971) determined the  solubility of

quartz in sea water at 20jC and 1 atmosphere as 44 ~ 0.3 ppm (73~ 5 uM),
a value which is close to the above value obtained by Morey et al. (1962).

The somewhat higher  solubility of chalcedony  most probably results from its
small grain size and porous nature. The solubility of amorphous silica in

sea water at 2jC and 1 atmosphere is 56 ppm (933 upM) and 70 ppm (1167 pM) at

1000 atmospheres (Jones and Pytkovicz, 1973). At 25;C and 1 atmosphere, the
solubility of vitreous silica is 78 ppm (1300 pM) (Jorgensen, 1968) and of
silica gel 114 ppm (1900 pM) (Morey et al., 1964). The solubility of
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acid-cleaned radiolarian tests from surface  sediments, central equatorial

Pacific, equals  amorphous silica solubility. The solubility of radiolarian
tests, however, decreases with increasing geologic age (Hurd, 1972, 1973;
Hurd and Theyer,  1975).

The solubilities of opal-CT are inferred to lie between the solubilities

of chalcedony and amorphous silica.
Most natural waters are undersaturated with  resp.ect to amorphous silica,
and much of the ocean is also undersaturated with  respect to quartz.

The average value of dissolved silica in river water is 13.1 ppm (218.3

UM; Livingstone, 1963). Dissolved silica concentration in the oceans is
highly  variable. Surface  waters are extremely depleted due to rapid bio-
logical fixation. Most of the biogenic silica is redissolved and recycled
in the water column; thus, dissolved silica concentrations increase  with

water  depth.

North  Pacific deep waters are saturated and even supersaturated with
respect to quartz. Only about 4% of biogenic silica remains  survive  in
young siliceous sediments. About 2% subsequently redissolve in the inter-
stitial waters. Consequently, a maximum of about 1-2% of the biogenic

silica enters the geological record  (Heath, 1974; Wollast, 1974).

According to Goto (1958), the dissolution rate  of amorphous silica is
proportional to the square of the surface area. The rate of amorphous
silica dissolution is strongly affected by both pH and ionic  strength in
NaCl solutions (Wirth  and Gieskes,  1979). For example, these authors have
measured an increase in the dissolution rate  of amorphous silica by a fac-
tor of 360, from pH 5 to 11, at sea water ionic  strength of 0.7. The ob-
served increased rates of amorphous silica dissolution as a function of pH
and ionic  strength were interpreted by Wirth and Gieskes (1979) to result
from silica surface  charge effects.

Organic matter films and multivalent metal ions retard the dissolution
rate of amorphous silica (ller, 1955, 1973; Lewin, 1961; Hurd, 1972, 1973).

SUMMARY
The most common authigenic silica polymorphs  in deep-sea sediments are
opal-CT and quartz  (including chalcedony). Other non-common silica poly-
morphs are opal-C and high-temperature tridymite and cristobalite.
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Most quartz  crystallizes from an opal-CT precursor, but during early, and

in particular, late  diagenesis, quartz  may form without an opal-CT pre-
cursor.

The rate of diagenesis and of silica polymorphic transformations of
siliceous sediments  is strongly affected by temperature, pressure, and time.
Geochemical  factors, however, often reverse the expected relation between
burial depth and the nature of the silica polymorph. In the pelagic en-
vironment of high dissolved magnesium  concentrations and in areas of average
oceanic  geothermal gradients, the transformation rate  of opal-A to opal-CT
generally decrease as follows: siliceous ooze + carbonate> pure siliceous
ooze>  siliceous ooze + clay minerals and/or  pyroclastic sediment. Indeed,

in most cases the quartz to opal-CT ratio is greater in carbonate  versus
clay-rich sediments  of the same geologic age.
Opal-cr and quartz  preserved in deep-sea  sediments  represent a maximum

of 1-2% of the originally-produced siliceous skeletal remains.
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Chapter 4
ZEOLITES

Miriam  Kastner

MINERALOGY

Zeolites are hydrated framework  aluminosilicates of the alkali and
alkaline earth  metals. They are known and are important for their  rever-
sible  dehydration, ion exchange, catalysis, and molecular sieve  properties.
A general formula  for zeolites is  XuYvZn02n'rH20, where X represents Na and
K, Y represents Ca and also Sr, Ba, and Mg, and Z represents Al and Si.
Na + K + (2E divalent cations) = Al, and (Si+Al):0 = 1:2. The channels in
their  structures have diameters on the order of 212 A (Meier and Olson,
1971, and references therein; Steele et al, 1975).

Clinoptilolite and phillipsite are among the most important diagenetic
silicates in deep-sea  sediments. An average representative formula  of
marine  clinoptilolite is K2.3NaO.8A13.ISi14.9036412H20 (Kastner, 1979), and
it constitutes about 2% of deep-sea  sediments. An average representative
formula  of marine  phillipsite is K2.8Nal.6A14.4Sill.6032410H20 (Kastner,
1979), and it constitutes about 1.5% of deep-sea  sediments. Analcite is
also a common zeolite in the marine  environment, but is much less abundant
than  phillipsite. The range of its chemical  composition has not been de-
termined  as yet. Other  relatively rare  zeolites in deep-sea  sediments  are:
heulandite, mordenite, harmotome,  chabazite, erionite, gmelinite, laumon-
tite, thomsonite, and natrolite. The Ca-rich zeolites and natrolite are

associated with  basaltic material.
Clinoptilolite

Clinoptilolite is a high-silica member of the heulandite group
(Mumpton,  1960), and crystallizes in the monoclinic system em (Merkle
and Slaughter, 1968). It forms small euhedral platy crystals (Fig. 1)
and occurs mostly as discrete crystals less than 45 pm long. The SilAl
rato  of marine clinoptilolites ranges between 4.2-5.2 (Stonecipher, 1977,
1978; Kastner and Stonecipher, 1978). It is length slow with a mean
index of refraction of 1.484 (Boles, 1972). With  increasing Si or diva-

lent cation  substitution for monovalent ions, the ac plane decreases
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Figure 1 (see facing page and above). Scanning  electron
photographs of (a) complex sector twinned phillipsite

crystals from radiolarian clay, 16j25'N, 164i24'W; (b)
clinoptilolite crystals in a silicified limestone,

57i39'N, I5{55'W. Calcite has been dissolved to reveal
clinoptilolite and opal-CT lepispheres; and (c) euhedral
analcite crystals, DSDP Leg 21, 206-3-1, 101-10S cm.
White bar in lower right of (a) represents 25 pum, of (b)
represents 5 pm, and of (c) represents 30 ym. (@) and

(b) from Kastner and Stonecipher (197s, Fig. 1); (c) was
photographed by Dr. A. Desprairies.
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(Boles, 1972). Matrix  inclusions are rare, which indicates slow growth

rates. Clinoptilolite crystals were observed  within partially dissolved
casts of radiolarian tests  (Arrhenius, 1963; Berger and von Rad, 1972;
von Rad and Rosch, 1974).

Clinoptilolite coexists with  opal-A and opal-CT  (Jones and Segnit,
1971), quartz, K-feldspar, palygorskite, sepiolite, smectite, rhyolitic
glass, and basaltic glass + opal-A andlor opal-CT  (Hathaway and Sachs,
1965; Weaver, 1968; Cook and Zemmels, 1972; Kalla and Biscaye, 1973;
Stonecipher, 1977;  Couture, 1977; Kastner and Stonecipher, 1978). The
association of clinoptilolite with  volcanic matter is not always evident.

The importance of clinoptilolite as a diagenetic zeolite in the

Atlantic Ocean was recognized by Biscaye (1965), Hathaway and Sachs (1965),
Turekian (1965), and Peterson et al. (1970). Its  importance in  Pacific and
Indian  Ocean sediments  was recently summarized by Kolla .and Biscaye  (1973),
Cronan  (1974), Stonecipher (1977), and Kastner and Stonecipher (1978).

Heulandite

Heulandite, the low-silica member of the heulandite group  (Mumpton,
1960), was reported by Boles and Wise (1978) to occur in the Indian  Ocean
in  organic-rich sediments. It is not certain, however, that heulandite
is indeed extremely rare in deep-sea  sediments. Using x-ray diffraction
patterns, the distinction between  heulandite and clinoptilolite requires
heat treatment of the sample (Murnpton, 1960; Alietti, 1972),  although

this  has not been routinely performed.
Phillipsite

Phillipsite crystallizes in the monoclinic system (P2I or P2|/m) with
no evidence of orderldisorder in the Allsi distribution (Rinaldi et al,
1974). It forms euhedral to subhedral elongated prismatic crystals up to
about 250 um long. The crystals are either colorless or yellowish from
numerous inclusions of Fe-oxyhydroxides and clay minerals, mainly  smectite.
The great abundance of inclusions indicates rapid  growth rates, and common
etched  crystal faces, even at shallow burial depths,  indicate rapid  dis-
solution. Phillipsite occurs as discrete crystals, as complex sector-
twinned  crystals (Fig. la), cement, cavity, and fracture fillings, and

replaces plagioclase (e.g.  Morgenstein, 1967; Rex, 1967, Bass et al, 1973).
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It has also been observed to occur and to form within manganese  nodules

(Murray and Renard, 1891; Bonatti, 1963; Burns and Burns, 1978) (see Ch. 1,

Fig. 12, this volume). The silAl rato  of marine phillipsites ranges
between  2.3-2.8, intermediate between  phillipsites in mafic igneous  rocks
with a rato  between 1.3-2.4 and those formed from silicic glass in saline

alkaline lakes with a ratio of 2.6-34 (Sheppard et al., 1970; Stonecipher,
1977, 1978). The mean index of refraction varies  between  1.477-1.486
(Sheppard et al, 1970). Sheppard et al. did not observe any correlation

between the Si0p content and the index of refraction of phillipsite, but
according to Hay (1966), an inverse relationship between these two param-
eters  exists. Barium, a common trace element in phillipsite, causes an
increase in its mean index of refraction, but chemical  variations in
phillipsite do not appreciably affect its unit cell dimensions (Sheppard
et al, 1970).

Phillipsite coexists with  smectite, Fe-oxyhydroxides and Mn-oxides,
and almost always with basaltic glass (Murray and Renard, 1891; Bonatti,
1963;  Stonecipher, 1977; Kastner and Stonecipher, 1978).

Harmotome

Harmotome is isostructural with  phillipsite, and it contains Ba as
a major cation (e.g. Goldberg and Arrhenius, 1958;  Arrhenius, 1963;
Bonatti, 1963; Rinaldi et al, 1974). Harmotome seems to be an early
alteration product  of palagonite. Subsequent  growth  of phillipsite is
quantitatively the important product  of basaltic glass alteration in the
deep-sea  environment and not harmotome  (Bonatti and Arrhenius, 1965).

Phillipsite and harmotome were recognized as diagenetic minerals in

deep-sea  sediments  associated with  volcanic matter in the Pacific and
Indian  Oceans by Murray and Renard (1891). Young (1939) described the

occurrence of phillipsite in  Atlantic Ocean sediments.
Analcite

Analcite crystallizes in the isometric system (la3d) (Taylor, 1930)
and has the ideal formula  of NaAlSi206éH20. It occurs as discrete euhedral
crystals, shown in Figure Ic. The silAl ratio  of sedimentary zeolites

ranges between  2.0-2.9 (Hay, 1966; Coombs and Whetten, 1967; Sheppard

and Gude, 1969); the range of silAl rato  for marine analcite has not been

115



determined  as yet. Analcite is most commonly associated with  basaltic
matter and coexists  with  smectite, chlorite, celadonite, phillipsite,
clinoptilolite, and K-feldspar. Its  occurrence in deep-sea sediments

has already been observed by Murray and Renard (1891).

OCCURRENCE, FORMATION, AND STABILITY OF PHILLIPSITE,
CLINOPTILOLITE, = AND ANALCITE

Phillipsite is most common in Oligocene and younger sediments. Ex-
cept for a decrease in the abundance of clinoptilolite in Late Jurassic
sediments, its frequency  of occurrence increases  with  increasing geologic

age. The frequency of analcite occurrence also increases  with increasing

geologic age (Fig. 2). Phillipsite is prevalent at shallow burial depths
of <100 meters, and clinoptilolite occurs mainly in sediments deeper than
100 meters from the sedimentlwater interface. No correlation between

analcite occurrence and burial depth has been observed (e.g. Kastner and
Stonecipher, 1978). Phillipsite and analcite are more common in Pacific
and Indian Ocean sediments than in Atlantic Ocean sediments. Clinoptilo-
lite, however, is more common in Atlantic Ocean sediments. Both  phillip-
site  and clinoptilolite occur in most types of deep-sea sediments. For
phillipsite, the lithologic order of decreasing frequency  of occurrence
is: clay-rich> clay-volcanic> calcareous> siliceous; and for clinop-
tilolite: calcareous> clay-rich> calcareous-siliceous (opal-CT) > vol-
canic> siliceous (opal-A). Thus, phillipsite forms generally in regimes
of lower sedimentation rate  than clinoptilolite. Hence, time (kinetics)
and lithology (chemistry) are very important variables that determine  the
distribution of phillipsite and clinoptilolite in deep-sea sediments
(Stonecipher, 1977, Kastner and Stonecipher, 1978). Analcite occurs
primarily in  volcaniclastic and ash-bearing calcareous sediments.

Phillipsite grows rapidly. It often nucleates and starts to grow
at the sedimentlwater interface and continues to grow within the sediment
column. Larger and sector-twinned crystals are more common below the
sedimentlwater interface (Bernat and Goldberg, 1969; Bernat et al, 1970;
Czyscinski, 1973). Phillipsite also dissolves rapidly; etched crystal
faces are observed, and the amount of phillipsite decreases  with  burial

depth until it disappears. It is rarely present below 500 meters within
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Figure 2. Changes in frequencies of phillipsite, clinoptilolite,
and analcite occurrences with age of deep-sea  sediments. From

Kastner (1979, Fig. 7).

the sediment  column. In a few cores in the Pacific Ocean, phillipsite has
already  disappeared at four meters depth below the sedimentlwater in-
terface (Stonecipher, 1977; Boles and Wise, 1978; Kastner and Stonecipher,
1978). According to Czyscinski (1973) and Bernat et al.  (1970), phillip-
site  formation in deep-sea  sediments  requires 10° to 106 years,  respec-
tively. The rapid growth and subsequent  dissolution of phillipsite
strongly suggest that its formation is kinetically controlled, and that
phillipsite is not a thermodynamically stable  phase in the deep-sea
environment (Kastner, 1979).

As mentioned  already, clinoptilolite occurs  more frequently in  sedi-
ments deeper than 100 meters below the sediment/water interface and persists
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even at burial depths of greater than one kilometer. No etched crystal
faces  similar to those of phillipsite were observed for clinoptilolite.
These observations suggest that clinoptilolite may be a thermodynamically
stable phase in the deep-sea environment. The sharp decrease in the
frequency  of clinoptilolite in Late Jurassic (Fig. 2) may be interpreted,

however, to indicate that this  zeolite also disappears  with  geologic age

and that it, too, is not a thermodynamically stable  phase. Indeed, in
sediments exposed on land, the oldest known clinoptilolite is of Triassic
age (Boles and Coombs, 1975). Thermochemical data for phillipsite and
clinoptilolite are not available. In the experiments of Lerman et al.
(1975) on the dissolution rates of silicates, the maximum dissolved silica
value for phillipsite was ~9 ppm (~150 pM) and for clinoptilolite ~50 ppm
(~830 pM). Assuming that these dissolved silica values  approximate the
solubilities of the two phases, phillipsite could form at the sedimentl
water interface in the North Pacific. In other deep-sea regions, an
additional silica source is required. Dissolution of biogenic silica
(opal-A) causes rapid increases in dissolved silica concentrations of
interstitial waters in the uppermost few tens of centimeters of deep-sea
sediments. Indeed, Bernat et al. (1970) and Czyscinski (1973) observed
a positive correlation between the extent of biogenic silica dis-
solution and the amount of phillipsite formation. The high experimental
dissolved silica value for clinoptilolite indicates that its formation
is not favored at the sedimentlwater interface, but instead  within the
sediment  column, and in particular in siliceous sediments.

Basaltic material, in particular basaltic glass andlor  palagonite,
is the main precursor of phillipsite (Murray and Renard, 1891; Bonatti,

1963; Rex, 1967; Kolla and Biscaye, 1973; Stonecipher, 1977, Kastner and
Stonecipher, 1978). Smectite  which formed from altered basaltic glass
has also been suggested as a precursor of phillipsite (Bonatti and

Arrhenius, 1965; Hay, 1966; Kastner, 1979). The reaction basaltic glass

+ dissolved silica (primarily biogenic) + phillipsite has been suggested
by Bernat et al. (1970) and Czyscinski (1973).

The immediate  precursor(s) of clinoptilolite is (are) often difficult
to determine. The following are observed and suggested reactions for
clinoptilolite formation in deep-sea sediments  (Kastner, 1979):
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Rhyolitic or andesitic glass + H48i04 + clinoptilolite

Phillipsite + H48i04 + clinoptilolite

Opal-A + AI(OH): + K+ + opal-CT + clinoptilolite

Opal-A  + AI(OH): + K+ + clinoptilolite

Phillipsite + smectite  + H48i04 + clinoptilolite + palygorskite

and for analcite formation:

Clinoptilolite + Na+ + analcite + K+ + quartz
Phillipsite + Na+ + analcite + K+(?)

Volcanogenic material + analcite

CONCLUDING REMARKS

Non-marine  zeolites have been studied extensively. In addition to
the quantitative importance of marine zeolites, research  on the formation
of these zeolites will  allow conclusions about a range of physical-chemical
conditions of sedimentary zeolite formation which was not covered by the
extensive studies  of non-marine zeolites. The main differences between

most of the non-marine and marine  zeolites are: Much of the non-marine

zeolites formed in saline  alkaline lakes with pH values of nine and above
and with  salinities which exceed sea water salinity. Their rate of for-
mation is thus much faster than that of zeolites in the deep-sea environ-
ment of pH around eight and salinity of 34%0 to 35%oo. In addition,

the saline  alkaline lakes are generally ephemeral; diagenetic reactions

over a time span of about 150 million years can be studied in the deep-sea

sedimentary record.
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Chapter 5

CLAY MINERALS

John C. Hathaway

INTRODUCTION

Clay minerals are major constituents of materials deposited in the
marine  environment. Of some 10,000 sediment samples analyzed by the Deep
Sea Drilling Project (DSDP), more than 99% contain  materials classified
as clay or clay minerals. However, the term clay carries two connotations:
one of particle size and one of particle composition. This  discussion will
be concerned mainly with clay as a mineral composition, although considera-
tion of particle size and association with  "non-clay" minerals of com-

parable  size is inescapable.

Clay minerals are considered by most workers to be the phyllosilicates

(layer  silicates) that  usually occur in particle sizes of 2 pm or less.
Many specimens of these minerals are also of larger particle size  (mica
and chlorite, for example), and many "non-clay” minerals (e.g., quartz,
feldspar, amphiboles, and various carbonates) may occur in particles con-
siderably less than 2 pm in diameter. Since the phyllosilicates of fine
particle Size  most strongly influence the characteristic physical property
of “clay," plasticity, these  constitute the basic groups that we call ‘“clay
minerals." These materials can be detrital, authigenic, or diagenetic in
origin.

CLASSIFICATION  AND NOMENCLATURE

Basic  Structures

The two basic  building blocks of the phyllosilicates are octahedra
layers  of gibbsite- and brucite-like structure and sheets of corner-sharing
[Si04] tetrahedra. These have been illustrated very clearly by Grim
(1968), and Figures 1 through 8 are from his book, which | recommend for
a much more thorough  discussion of the subject of clay mineralogy than is

possible within the scope of the present paper.
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(@) (b)

O and (~~ = Hydroxyls eA\uminums, magnesiums,  etc.

Figure 1. Diagram of (a) a single  octahedral unit and (b) the
sheet structure of the octahedral units. From Clay Mineralogy

by R. E. Grim, copyright 1968 by McGraw-Hill, Inc. Used with

permission of McGraw-Hill Book Company.

The octahedral portions of the structures are shown in Figure 1.
Other cations, notably iron, may substitute for aluminum or magnesium

3+ or Fe3+) occupy

in these octahedra, where trivalent cations (e.q., Al
the octahedra, only two out of every three octahedra may contain a cation
and still produce a balanced charge for the sheet.! Structures composed
of such octahedral sheets are called "dioctahedral." Conversely, where
divalent 10ns (e.g., Mngr or Fe2+) are present, all three octahedra  can
be filled; the resulting sheets are termed “trioctahedral." The aluminum
and magnesium hydroxide octahedral sheets  form minerals in their  own right,
gibbsite and brucite, respectively. These minerals are allied to clay
minerals  but are not wusually considered to be clays. The “traditional"

clay minerals incorporate both the octahedral sheet and one or more
tetrahedral sheets, like that shown in Figure 2. This figure illustrates
an [Si04] tetrahedron and the sheet structure formed by a hexagonal net-
work of corner-shared tetrahedra. Aluminum and, rarely, other  cations

may substitute for silicon in these tetrahedra.

lIn  these discussions, | have followed the recommendations of the Nomen-
clature Committee of the Clay Minerals Society  (Brindley et al, 1968;
Bailey et al, 1971a,b; Bailey et al, 1979) with regard to classifica-
tion and terminology. "Recommended usage is as a single plane of atoms,
a tetrahedral or octahedral sheet, and a 1:1 or 2:1 layer. Thus plane,
sheet, and layer refer to increasingly thicker arrangements. A sheet

is a combination of planes and a layer is a combination of sheets. In
addition, layers may be separated from one another by various interlayer
materials, including cations, hydrated cations, organic ~ molecules, and
hydroxode  octahedral groups and sheets" (Bailey et al, 1971).
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Oaﬂd () = Oxygens O and ¥ = silicons

Figure 2. Diagram of (a) a single [Si04]  tetrahedron and (b) the

sheet  structure of [Si04] tetrahedra arranged in a hexagonal  net-
work. From Clay Mineralogy by R. E. Grim, copyright 1968 by
McGraw-Hill, Inc. Used with  permission of McGraw-Hill Book Com-
pany.

The 1:1 Layer Group

Layers composed of one sheet of [Si04] tetrahedra combined with
sheet of Al-octahedra form the kaolinite group of clay minerals (Fig.
The fit between the hexagonal network of the tetrahedral sheet and the
octahedral sheet is not exact, and various  distortions of these sheets
give rise to different mineral species and polytypes within the group,
and may impose a limitation on the size to which the individual crystal
lites may grow. Members of the kaolinite (or 1:1 layer) group are:

Kaolinite

Halloysite (tubular morphology)
Dickite

Nacrite polytypes  of kaolinite

O Oxygens
Hydroxyls

e Aluminums

- O silicons

Figure 3. Diagram of the kaolinite structure. From Clay Mineralogy
R. E. Grim, copyright 1968 by McGraw-Hill, Inc. Used with  permission
McGraw-Hill Book Company.
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Of these, kaolinite is the only species generally reported in  marine
occurrences, although in some places halloysite may be present but un-
recognized because of the similarities of its xray diffraction pattern
to that of kaolinite.

The ideal chemical  composition of the kaolinite group minerals and

other  minerals discussed in this paper are given in Table 1; halloysite

has two forms, one with the same composition as kaolinite, and a second
called  halloysite (hydrated) having  two additional water molecules  which
occupy the interlayer positions. | am not aware of any report of halloy-
site  (hydrated) in marine  samples. Inasmuch as drying  causes irrever-
sible  dehydration of halloysite (hydrated) to halloysite, the hydrated
form would not be detectable unless the sample were kept moist before
and during  analysis. As this is seldom, if ever, done in the analyses

of marine samples, it is possible that some halloysite (hydrated) may

exist in the marine environment but has gone undetected.

Dickite and nacrite are rare polytypes of kaolinite; that is, they
are identical in  composition but vary in stacking sequence of the 1:1
layers to give wunit cells that differ in size and symmetry from the unit
cell  of kaolinite. To my knowledge, they have never been reported in

marine  samples.
The 2:1 Layer Groups

Structures composed of two sheets of [Si0 4] tetrahedra with  one
octahedral sheet  (gibbsite- or brucite-like) sandwiched  between them
comprise  the 2:1 layer  groups. These include pyrophyllite and talc,
the illite or mica groups, which include glauconite, the smectite (mont-
morillonite) group,  vermiculite, and palygorskite and sepiolite. The

latter two minerals have, in the past, been grouped with the chain silicates

rather ~ than the phyllosilicates, but  substantial reasons exist  (Bailey
et al, 1971b) for classifying them as 2:1 layer silicates. Pyrophyllite,
although not reported in marine  samples,  represents the ideal (no sub-
stitutions and therefore no net layer charge) dioctahedral (A13+) 2:1
structure and talc, the ideal trioctahedral (M92+) structure. No sub-
stitutions of cations  occur in either of these minerals in either the
octahedral or tetrahedral layers, and no ions or molecules occupy the
interlayer positions. Figure 4 illustrates the basic  structure for the
mica groups Wwherein  a cation, usually potassium, occupies  the interlayer
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Table 1.
minerals

Structural

1:1 layers

Kaolinite group:

Kaolinite (dickite
Halloysite

Halloysite (hydrated)

Serpentine group:

Z1 layers

Pyrophyllite
Talc
Mica group:
Muscovite
Glauconite
Celadonite
Mica group:

Biotite (phlogopite)

Illite®
(mostly
include

dioctahedral
trioctahedral

Smectite: dioctahedral
Montmorillonite
Beidellite
Nontronite
Smectite: trioctahedral
Saponite
Stevensite
Vermiculite:
trioctahedral
dioctahedral
Palygorskite

Sepiolite

CONTINUED,  next

Classification

and

and other

Groups

trioctahedral

and nacrite)

trioctahedral?

dioctahedral

trioctahedral

but can
forms)

page ...
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ideal
closely

chemical  formulas of
associated

clay
phyllosilicates.

Ideal  Formula!

AlSi0c(OH)4
AlzSiz0c(OH)4

AlZSiZ05(0H)44ZHZ0

AiZSi,0,(0H)Z
Mg,Si,0,5(OH)Z

KAIZ(SizAl)010(0H)Z

K(Fer.33Mgo.67)  (Si3.67AI0.33)010(0H)
K(MgFe3+)Si 40,(OH1Z

KMg3(Si5Al010(OH)Z

3+ 7+ .
K~IAlZ(Fe ~ Mg~ )>0Sl, (Al) 010 (OH)Z

Na0.33(All.67Mg0.33)Si40I0(0H)Z
Nag. 33A1Z.  ZZ(SigAl)010(0H)Z
NaO.33Fe~+(Si3.67Si0.33)010(0H)z

Nag. 33Mg3(Si3.67AI0.
Na0.33MgZ.S3Si4010(0H)Z

33)010(0H)Z

Mg,Ca)x/ZMg3(Si4_XAIx)010(OH)Z
AXI3AZ  (Sig_yAl,) 010 (OH)Z
OHZ)4Mg5SiSOZO(OH)Z44HZO
OHZ)4MgSSilZ030(OH)244H20

—
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Table 1 (continued).

Structural Groups Ideal Formula
2:1:1 layers
Chlorite group: trioctahedra1®
Clinochlore (MgSAI) (Si3AI)010(OH)8
Chamosite (Fe~+Al)(Si3Al)010(0OH)8
1Al formulas have been reduced to the smallest unit  formula for the sake
of comparison; they do not reflect unit  cell composition. The formulas
are highly idealized; many variations occur, particularly in the inter-
layer  cation positions of the smectite and vermiculite groups.
2Minerals of the serpentine group are not usually considered clay
minerals.
3See text.
40ther  minerals such as nimite (Ni-rich), pennantite (Mu-rich), and don-
bassite (dioctahedral) exist, but | consider them outside the scope of
this  paper.

OquenS, 8Hydr0xyls, ¥ Aluminum, OPolassium

O and. Silicons (one fourth replaced by aluminums)
Figure 4. Diagram of the muscovite structure. From Clay Mineralogy by
R. E. Grim, copyright 1968 by McGraw-Hill, Inc. Used with  permission
of  McGraw-Hill Book Company.
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space between adjacent 2:1 “"sandwiches." This cation balances a positive

charge deficiency caused by the substitution of an aluminum in one of
every four “silica" tetrahedra. As the aluminum has a charge of +3 vs a
charge of +4 for the silicon atom that it replaces, the layer is left
with a net negative charge, balanced in muscovite, biotite and in most
material classified as Illite, by potassium. "Ilite" differs from
muscovite, a dioctahedral mineral, or biotite, the trioctahedral analog,
in two ways: 1) "lite" has been used to denote material which  has
turned out to be a variety of minerals having a considerable range of
composition; whereas, muscovite  and biotite are mineral  species  having
compositions that vary within narrowly  prescribed limits, and having
structures that can be identified as specific crystallographic polytypes.
Muscovite  and biotite also have potassium contents that closely  approxi-

mate the ideal of one atom per formula unit (not to be confused with

unit  cell) as exemplified in Table 1. Many "illites" yield  chemical
analyses that show a deficiency in potassium  from this ideal, and many
samples fail to exhibit enough crystallographic information to determine
the polytypes involved. (2) Muscovite and biotite usually  occur in
crystallites of relatively large  size--large enough to display the
megascopic  characteristics commonly associated with  "mica" (flaky  habit,
highly  reflective cleavage planes). Most material described as llite,

on the other hand, occurs in very fine particle sizes and, in massive
form, displays the characteristics associated with  “clay,” mainly  that
of plasticity. However, the differences are gradational and, in any
gradational sequence,  definition of a precise boundary is not always
feasible. The term "mica" has been used to cover both categories of
material, particularly where chemical information is lacking, the sample
includes a variety of particle sizes; and x-ray powder diffraction anal-
yses are the only means of identification; but illite" has been used by

many workers in the same way. Although the terms are not technically

synonymous, one must interpret many reports  as though they were.
Glauconite is defined by the Nomenclature Committee  of the Clay
Minerals Society (Bailey et al, 1979) as an Fe-rich dioctahedral mica
with  tetrahedral Al (or Fe3+) usually  greater than 0.2 atoms per formula
unit, and with trivalent octahedral cations  correspondingly greater  than
1.Z atoms. Similar micas with  tetrahedral substitutions of less than
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1.Z atoms. Similar ~ micas with tetrahedral substitutions of less than
0.2 atoms are defined as celadonite. The committee  further states:
"The species  glauconite is single-phase and ideally is nonstratified.?
Mixtures containing an iron-rich mica as a major component can be called
glauconitic. Specimens with  expandable  layers can be described as ran-
domly interstratified glauconite-smectite. Mode of origin is not a
criterion, and a green fecal pellet in a marine sediment that meets
the  definition of celadonite should be called celadonite.”

| emphasize these nomenclatural considerations because glauconitic
material is an important constituent of many marine samples and the term
glauconite has been widely applied to any green fine-grained pelletal
material, even though many samples of this material are actually mixtures
of mineral  species. Also, many analyses that report ‘illite" or "mica"
may contain  glauconite which, because it has similar crystallographic

characteristics, may have gone unrecognized.
Smectite  (Montmorillonite-saponite) Group

The term smectite has gained general acceptance among most, although

not all, workers as a name for the group of 2:1 layer expandable minerals
which in the past have often been called montmorillonite. Montmorillonite,
however, is also a species name, and to avoid confusion, the Nomenclature
Committee of the Clay Minerals Society, the Association International Pour
L'etude  Des Argiles, and the International Mineralogical Association

(Bailey et al., 1971a) approved smectite as an alternate name for the

group,  expecting that a preferred term would emerge by popular  usage.

In keeping with the major usage thus far, the term smectite will be used
in this  paper. Table 1 lists the various  species of smectite, and Figure
5 illustrates the most common view of their  structure. Substitution

of various  cations in both the octahedral and tetrahedral sheets  results
not only in differentiation into the species of the group but, by pro-
ducing net negative charges on the layers, such substitutions are respon-
sible  for the peculiar characteristic of smectites to incorporate various
exchangeable cations and water molecules in the interlayer positions.
These are manifest in the expandable or swelling capabilities of the

smectites and their  capacity to adsorb organic  compounds in the inter-

2See discussion of mixed-layered minerals  below.

130



layer  space, characteristics which give rise to a multitude of commerical
uses ranging from drilling mud to "Kitty Litter."

In marine  sediments, it is not wusually possible to determine  the
species  of smectite present, especially in mixtures  of other clay
minerals or in mixed-layered assemblages, and identification is made
by the group name only. Most marine  smectites probably  have compositions
in the montmorillonite-beidellite range, although iron-rich smectite  and
saponite  have been observed in the hot-brine deposits of the Red Sea
(Bischoff, 1969; J.C. Hathaway, unpub. data).

Vermiculites are also 21 layer minerals and differ from smectites

mainly in their lack of ability to swell when treated with certain

Exchangeable  cations
nH,0

OOxygens @) Hydroxyls eA\uminum, iron, magnesium

Oand. Silicon, occasionally aluminum
Figure 5. Diagram of the smectite structure. From Clay Mineralogy by
R. E. Grim, copyright 1968 by McGraw-Hill, Inc. Used with  permission

of McGraw-Hill Book Company.
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OH,O OMgorAl
10)H~ O Oxyg-n ¥ Sillcon
Figure 6. Diagram of the palygorskite structure. From
Clay Mineralogy by R.E. Grim, copyright 1968 by McGraw-
Hill, Inc. Used \vith  permission of McGraw-Hill Book
Company.
‘!
1
@,
0: .m,
"/ .,
-Si 00 0OH
Figure 7. Diagram of the sepiolite structure. From Clay
Mineralogy by R.E. Grim, copyright 1968 by McGraw-Hill, Inc.
Used with  permission of McGraw-Hill Book Company.
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organic ~ compounds. However, some trioctahedral vermiculites of very
small  crystallite size show characteristics that grade into those of
saponite. Vermiculites are not reported as abundant in marine sediments,
and may have gone unrecognized in many analyses.

Palygorskite and sepiolite are also 2:1 layer structures but, in-
stead of forming continuous layers, the apices of the tetrahedra period-
ically reverse  in direction to give alternating bands of 21 layers
(Figs. 6 and 7). The spaces or channels between these bands are occupied
by ‘"structural" water molecules  attached to the octahedral layers and by
"zeolitic" or loosely held water molecules. The unit  structures of the
two minerals differ in size. Palygorskite usually  contains  aluminum
which  may substitute for magnesium; whereas, sepiolite containing vir-
tually no Al has been reported (Hathaway and Sachs, 1965, and references
therein). The presence of aluminum may be a factor in determining which
of the two structures forms. Both minerals have been reported in  marine
sediments in recent years (Hathaway et al., 1970; Deep Sea Drilling Pro-
ject, 1970-1979;  Hathaway et al., in press) with  palygorskite observed
much more commonly and in greater abundance than sepiolite (Deep Sea
Drilling Project, unpub. data file).

The 2:1:1 Layer Group

Minerals composed of the 2:1 layer arrangement but with an octa-
hedral  sheet incorporated in the interlayer position comprise  the 2:1:1
layer, or chlorite, group. The interlayer sheet may be either  magnesium
or iron hydroxide (Fig.  8).

Although  dioctahedral chlorites are known, most chlorites observed
in marine sediments are probably trioctahedral. As in the case of the
smectites, it is usually not possible to determine  the species in most
samples owing to the relatively small amounts present and their  occur-
rence as very fine particles intimately mixed with other clay minerals.
The group name chlorite is generally used for these minerals, most  of
which are detrital in origin and common in the marine sediments of high
latitudes. However, chamosite has been reported as an authigenic or
diagenetic mineral  in some samples (Porrenga, 1967; Leclaire, 1968;
Velde, 1977).
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Figure 8. Diagram of the chlorite structure. From Clay Mineralogy

by R. E. Grim, copyright 1968 by McGraw-Hill, Inc. Used with  per-
mission  of McGraw-Hill Book Company.
Mixed-layered Minerals
Commonly, the 2:1 layer minerals occur interstratified with  one
another. Such interstratifications occur at the wunit cell level and can
be either regular or random. Regularly interstratified minerals are rare

in marine  sediments (except  where burial diagenesis has occurred) but
random mixed-layering is common. A usual combination is  smectite-illite

in which most layers are smectite (expandable layers) and fewer are

illite. This produces x-ray diffraction characteristics that are much
like  those of "pure" smectite, and many analyses fail to distinguish
between the two. Other  combinations include chlorite or vermiculite
layers. Only rarely, if ever, does Kkaolinite interstratify with  the
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2:1 layer or other minerals and, most probably, such assemblages  are

absent from marine  sediments.
Amorphous  Material

Amorphous  silica is common in the marine environment (Lisitsin,
1974), and clay-size aluminosilicate material which also displays no
detectable crystal structure probably  occurs in many marine sediments.
Heath and Pisias (1979) estimate that as much as 60% of the material in
some samples from the north  Pacific is amorphous to x-ray diffraction
(the most common method of clay mineral  analysis), and they point out
that the effects of such material have too often been neglected in
analyses  of marine  samples. They suggest an internal standard  method
to avoid the analytical errors  resulting from failure to recognize this
material. However, the method does not distinguish amorphous  silica from
amorphous  silicates of clay mineral composition. Several methods have
been proposed for the analysis of amorphous silica (Goldberg, 1958;
Leinen, 1977; Eggiman et al, in press, and references therein).

Palagonite, the product of the alteration in sea water of volcanic
glass, may contribute considerable amorphous  material although smectite

is also one of the observed products.
Non-clay ~ Minerals

The clay-size fraction of marine samples may contain  fine-grained
particles of minerals that are wusually not considered clay minerals.
Table 2 lists some that have been observed in marine samples and which

may complicate a clay mineral analysis.

IDENTIFICATION ~ AND THE PROBLEM OF QUANTIFICATION

Table 3 lists the principal methods used in the analysis of clay
minerals. Of these, optical microscopy and x-ray powder diffraction are
the principal tools  routinely used for marine samples. The other methods
are usually employed only in special or unusual cases. Optical micros-
copy is usually performed using what is called a smear slide, prepared
by puddling a small amount of sample in water and spreading the suspension
as a thin smear on a glass slide, drying it, and by immersing the grains
in a medium such as heated, artificial Canada-balsam  and covering  with a

135



Table 2. Some non-clay  minerals  observed
in marine  sediments.'
Mineral Frequency  of Mineral
or occurrence? or
Group (percent) Group
Quartz 86
Plagioclase feldspar 65 Rhodochrosite
Potassium  feldspar 37 lImenite
Calcite 24 Chabazite
Clinoptilolite 20 Cuprite
Pyrite 16 Celestite
Amphibole 11 Psilomelane
Phillipsite 9 Bassanite®
Cristobalite (opal  CT; ~) 9 Sphalerite
Augite 5 Erionite
Dolomite 5 Lepidocrocite
Tridymite 3 Akaganeite
Magnetite 3 Chalcopyrite
Goethite 3 Pyrrhotite
Gypsum 3 Melanterite®
Halite 3 Ankerite
Analcite 3 Manganosiderite
Hematite z Manganite
Anatase 2 Todorokite
Aragonite 113] Groutite
Gibbsite <1 Heulandite
Siderite <1 Serpentine
Apatite <1 Rutile
Mg-calcite <13 llvaite
Ca-dolomite <1 Various  unknowns
1 Data from Bischoff (1969), J. C. Hathaway (unpub. data),
et al. (1970), Hathaway (1971), Peter Stoffers (pers.
Deep Sea Dirilling Project (unpub. file). J.
L. J. Poppe (unpub. data).
2 Number of times the mineral is reported in all fractions
[3]DSDP samples only, probably  higher all  marine
[41Estimated from data other than DSDP.
s May be artifacts of oxidation on drying.
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(percent)

<1
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<1
<1
<1
<1
<1
<11[4]
<1[4]
<1[4]
<1[4]
<1
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<11[4]
<1[4]
<1[4]
<1[4]
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<1[4]
<1[4]
5_7[4]
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1973),

analyzed by
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Table 3. Methods of analysis of clay minerals.
Optical ~ microscopy
X-ray powder diffraction (XRD)
Electron microscopy: transmission (TEM) , scanning  (SEM), electron
diffraction
Chemical analyses: wet chemistry, x-ray  fluorescence (XRF) , emission
spectrography, atomic  absorption (AA), neutron  activation, electron
microprobe - scanning  electron microscope (SEM), including wavelength
and energy dispersive x-ray  analysis.
Differential thermal  analysis (DTA)
Infrared absorbtion spectrometry (IR)
Mossbauer  spectrometry
Nuclear magnetic  resonance  (NMR)
cover glass. From such a slide can be determined or estimated: particle
size, index of refraction, birefringence, color, presence of organic re-
mains, and shape and state of aggregation of the particles. Glauconitic
material can readily be detected. However, x-ray powder diffraction
remains  the principal tool in the analysis of clay minerals, and a
thorough  discussion of the subject is given in Brown (1961). Inasmuch
as crystal structure differences are distinctive characteristics of clay
minerals and fine crystallite size and mixing of phases do not adversely
affect  the resolution of the method, powder diffraction provides  the most
definitive information on the makeup of a natural mixture. The very
small  particle sizes and intimate mixing of phases render the results of
most of the other analytical methods ambiguous. Differentiation of
species may require mineral ~ separation (not often possible  with clay
minerals) and chemical analysis, but identification of the clay mineral
groups present is relatively easy by x-ray diffraction.

Typical  x-ray diffractograms for a marine sample include the pattern
of a powder of randomly oriented particles, which gives the full diffrac-
tion pattern for the sample, and the pattern of an oriented aggregate  in
which the flake shapes or basal cleavage planes of the layer silicates
cause them to lie flat on the substrate, thus enhancing the diffraction
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and a quantitative comparison  may be virtually meaningless. However,
a ray of hope exists. Marine  deposits usually  vary only slightly over
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Table 4. Criteria for identification by x-ray powder
diffraction of clay minerals commonly found
marine sediments.
Observed d spacings  (in  Angstroms) under various  treatments
Treated Heated to Heated to
Air  dried ethylene glycol 400;C 550;C Nineral or  Group
17 10 10 Smectite
to larger shift to smaller possible inten- Mixed-layered
spacing <17 spacing  >10 sity  increase smectite-chlorite
and >14
10 10 Mixed-layered
smectite-illite
>12 14 14 14 Chlorite
and with  possible
usually intensity
<15 increase
10-14 10 Vermiculite
12 or 12+ 12 or may - Sepioli  te
disappear
to larger 10 10 Mixed-layered
spacing illi  te-smecti te
>10 <12
105 105 or may - Palygorskite
disappear
10 10 10 10 1.llite
9.3 9.3 9.3 9.3 Talc
9 9 9 9 Clinoptilolite"
7.1 i disappears Kaol tnite and
1 chlorite
7.1 7.1 .
disappears | - Phillipsite*
1
5 1 5 5 5 Illite
disappears t-~b)or U~
47 ~ . . : -
4t 4T 4.7 Talc
3.58* 3.58 3.58 disappears Kaolinite
3.54*" 3.54 3.54 disappears Chlorite
*Although clinoptilolite and phillipsite are zeolites, not clay minerals, they are
common constituents of marine samples and their peaks might be mistaken for those
of clay minerals.
**These two peaks may not resolved from one another.
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Methods such as those proposed in recent papers by Pearson (1978) (in
which the combined use of full chemical and x-ray analyses is detailed)
and by Heath and Pisias (1979), using talc as an internal standard  to
allow  determination of the effect of amorphous material, give promise

of improving the accuracy of clay mineral quantification.

DISTRIBUTION AND SOURCES

The most comprehensive synthesis of data on the distribution of clay
minerals in the surficial sediments of marine realm is that of Griffin
et al  (1968). They incorporate their own data and that of Biscaye
(1964, 1965) who had first presented  such information for the Atlantic
Ocean. The Deep Sea Dirilling Project has since recovered and analyzed
much material from greater  depths of penetration than the surficial
sediments  previously sampled by grabs or piston  cores. The mineralogic
data from this program are contained in the more than 40 volumes of The
Initial Reports  of the Deep Sea Drilling Project. A data-file tape also
contains the mineralogic information, and Table 5 shows the frequencies
of occurrence and abundance of the clay minerals in samples represented
by this file. As of this writing, a computer  analysis of these data is
not yet complete, so stratigraphic distributions are not presented here.

The general distribution shows mica to be the most frequently en-
countered and, in bulk samples, the most abundant clay mineral  group.
Within ~ the clay G2 um) fraction, however,  smectite is considerably more
abundant. This reflects the difference in particle sizes between these
materials; smectite occurs  almost  exclusively in particles less than Z pum
in diameter; whereas, = silt- and sand-size mica occur in many samples.
Chlorite is found more frequently than kaolinite but the total  quantity
of chlorite is smaller.

In this  compilation, palygorskite surprisingly shows more abundance
than either  kaolinite or chlorite. However, a sampling bias may be
present; an unrepresentative number of special samples may have been
analyzed because of unusual appearance, or attempts to better delineate
palygorskite-bearing zones. Sepiolite is much less common than paly-

gorskite despite  their  structural and chemical  similarity.
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Table 5. Clay mineral  distribution in marine samples.@
Mean abundance
. Frequency  of Mean abundance in clay C2 pm)
Mineral occurrence in bulk samples fraction
or Group (percent) (percent)f (percent)f
Mica groupe 70 10.8 16.3
Smectited 60 8.8 40.5
Chlorite 43 14 25
Kaolinite 32 1.7 4.9
Palygorskite 13 2.0 5.0
Sepiolite <1 0.01 0.03
Talc <1
— 9 g9
Vermiculite <Id h h
Total clay mineral
abundancef 24.7 69.2
aCalculated from unpublished data-file tape, Deep Sea Dirilling Project,
Legs 10-37.
bAs these values ~re freugencies, not mean quantities, the sum exceeds
100 percent. These frequencies reflect all size fractions.
~Includes illite and glauconite.
Includes mixed-layered minerals.
~stimated from Hathaway (1971).
Not adjusted for amorphous (non-diffracting material).
hNO abundances estimated.
No data suitable for comparable calculation available.
Talc is exceedingly rare in spite of numerous reports in traces
of this mineral in  suspended material in seawater. These reports may
reflect the modern introduction of this mineral into the atmosphere  and
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hence the ocean through industrial and agricultural use of talc as a

vehicle for pesticides.

Vermiculite is also rare and is probably restricted primarily to
estuarine and continental shelf  deposits (Hathaway,  1972).

Figures  9-12 show the geographic  distribution of the four major clay
minerals in surficial samples given in Griffin et al.  (1968). Although
later ~ works (Goldberg and Griffin, 1970; Kolla et al, 1976; Lisitsin,
1978; Heath and Pisias, 1979) illustrate modifications in areas such as
the Indian Ocean and the North Pacific, these figures present  the general
outlines of worldwide distributions. They emphasis the strong influence
of detrital processes.

The distribution of mica (illite) is illustrated in Figure 9. The
influence of terrigenous source is illustrated especially well in the
North  Pacific by the large zone of high concentration of illite stretching

from the Asian mainland eastward across the Pacific Ocean, a reflection

of wind transport of terrigenous detritus. The North  Atlantic sediments
are also high in illite, which  Griffin et al. (1968) also attribute pri-
marily  to wind transport. They point out that K-Ar ages of marine illite

reflect not only a detrital rather  than authigenic source but also, be-
cause of argon retention, indicate that little diagenesis in the form of
crystallo-chemical alteration has taken place. River-borne illite con-
centrations also occur and are best delineated along the eastern  coast

of South America.

Smectite (montmorillonite) concentrations (Fig. 10) are higher in
the southern  regions than in the northern oceans. Griffin et al  (1968)
suggest that this reflects a probable higher input of volcanic material
in the southern  oceans. They point out that the highest concentration
area traverses the volcanic provinces of the South Pacific, and that
the smectite is in close association in this region with phillipsite and
volcanic shards. They also note that the low sedimentation rates  reflect
a lesser input of solid phases from the continents compared with  contri-

butions  to the northern Pacific and other oceans.
Chlorite (Fig. 11) occurs in greatest concentrations generally in

the high latitude parts of the ocean. This  distribution reflects the
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Figure 9. lliite (mica) concentrations in the <2 pm size fraction of sur-
ficial marine  sediments. From Giriffin, Windom and Goldberg  (1968). Copy-
right 1968, Pergamon Press. Used with  permission of Pergamon Press.

Figure  10. Montmorillonite (smectite) concentrations in the <2 pm size
fraction of surficial marine  sediments. From Griffin, Windom and Goldberg
(1968). Copyright 1968, Pergamon Press. Used with  permission of Pergamon
Press.
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Figure 11. Chlorite concentrations in the <2 pm size fraction of sur-
ficial marine  sediments. From Griffin, Windom and Goldberg  (1968).
Copyright 1968, Pergamon Press. Used with  permission of Pergamon Press.

Figure 12.  Kaolinite concentrations in the <2 pm size fraction of surfi-
cial  marine sediments. From Griffin, Windom and Goldberg  (1968). Copy-
right 1968, Pergamon Press. Used with  permission of Pergamon Press.
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abundance of chlorite in mechanically weathered  rocks of the colder parts

of the continents where  soil-forming processes do not result in the chemical
alteration of chlorite into  other minerals. These chlorites have reached
the oceans by wind, river, or glacial transport. However, the area of
chlorite concentration northeast of Australia may be derived from volcanic
material inasmuch as the chlorite is associated with  volcanic glass, py_
roxenes, and opagque minerals, and is not accompanied by terrigenous detri-
tal material. A similar origin is proposed by Griffin et al. (1968) for
the chlorite around the Hawaiian Islands  although  they note that Swindale
and Fan (1967) reported chlorite formed around detrital gibbsite grains
in sediments off Hawaii, suggesting that  chlorite can form authigenically.
However, in other areas where gibbsite occurs in marine sediments  such as
those off the east coast of Brazil (Biscaye, 1965), no concentrations of
chlorite appear. Apart  from this, the concentrations, x-ray diffraction
characteristics, and particle size distribution of marine chlorites led

Griffin et al. (1968) to conclude that most deep-sea deposits of chlorite
are "products of continental erosion  of chlorite-bearing metamorphic ~ and
sedimentary rocks and not the products of marine authigenic or of soil-

forming  processes."

Kaolinite distribution (Fig. 12) is almost the complement of that of
chlorite. Highest  concentrations occur in the lower latitudes, especially
in the Atlantic. Kaolinite is well known as a product of chemical weathering
in equatorial to sub-tropical climates so its  occurrence in the seas adja-
cent to these regions is not surprising. River-borne material accounts
for much of the distribution, except for the highest  concentration off
equatorial Africa which is probably the result of eolian transport. The
large  concentration west of Australia also probably  results from the fall-
out of wind-borne material derived  from the western Australian desert.

Griffin et al. (1968) explain the relative dearth  of kaolinite off the
western  coasts of the Americas as the result of the mountain ranges ex-

tending the length of the continents which do not provide the proper

conditions for the formation of kaolinite-rich soils. The meager runoff
is characterized by high elevation weathering products (cold  climate)
which are normally  very low in kaolinite. These mountain  ranges also

block  further westward  transport of dust from the North African deserts.
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No map of palygorskite distribution is given here. Although it
has been reported as occurring in  surficial sediments  from the western
Indian  Ocean region (e.g., Heezen et al, 1965), most occurrences in
marine  sediments  are reported from deeper and older (chiefly Mesozoic
and Tertiary) material obtained by various  drilling programs  (Hathaway
et al, 1970; von Rad and Rosch, 1972; Ileaver and Beck, 1977; Deep Sea

Drilling Project, unpub. data file; Hathaway et al., in  press). Whether
the palygorskite in marine sediments can be detrital, authigenic, or
diagenetic in origin and where it forms is still the subject of study

and argument  (Millot, 1970; von Rad and Rosch, 1972; Weaver and Beck,

1977). Millot (1970, p. 326) favors authigenesis ("neoformation") in
sedimentary basins in alkaline environments in either lakes or seas,
although ~ he recognizes (p. 329) that palygorskite ("attapulgite”) as well
as sepiolite can also result from later  diagenesis. From their  study of
deep-sea  drill cores from sites off northwestern Africa, von Rad and Rosch
(1972) favor a diagenetic origin from degraded bentonitic (smectite-rich)
clays by precipitation from magnesium-rich solutions with  excess silica
derived  from the devitrification of silicic ash and/or the dissolution of
opaline  organisms. Weaver and Beck (1977) maintain strongly that most,

if not all palygorskite forms by chemical precipitation in coastal,
brackish, lagoonal  environments and that deep-sea occurrences reported
from various Deep Sea Dirilling Project sites, such as those discussed by
von Rad and Rosch (1972), are detrital and composed of material trans-
ported from nearshore  brackish lagoons. Sepiolite commonly accompanies
palygorskite, but it is wusually minor in amount (see Table 5). Only

rarely ~ does it occur alone or as a major mineral in deep-sea  materials
(Hathaway and Sachs, 1965; Zemmels et al, 1972). Arguments  concerning

its  origin are similar to those for palygorskite.

The Problem of Diagenesis

Twenty-five or more years ago, a prevalent concept held that clay
minerals ~ were quite  sensitive to their  environment and were susceptible
to considerable change upon entering the marine environment from terrig-
enous  sources. This idea stemmed largely from studies  of estuarine or
nearshore samples that showed differences in  composition with  distance
toward or into the sea (Grim et al, 1949; Grim and Johns, 1954; Powers,
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1954, 1957) or from theoretical considerations which held that loss of

ions, such as potassium, from the clay structures during  weathering in
soils  would create  “"degraded" structures capable of reincorporating the
lost ions upon entering the marine environment which was known to contain
a supply of the lost ions. An assumption was made in these early studies
and in interpretation of them (e.g., Millot, 1970) that transportation

into the marine  environment particularly via estuaries is a one-way
street, from land to sea. That this was not the case was demonstrated

later by Meade (1969) and supported by clay mineral studies  of contin-
ental margin  sediments (Hathaway, 1972); but other workers  (Riviere and

Visse,  1954; Weaver, 1958) had, meanwhile, challenged the concept that

alteration by diagenesis was responsible for the clay mineral assemblages
observed in marine sediments. The studies by Biscaye (1965),  Griffin

et al. (1968), and various Russian  workers  (Rateev,  1971) on the world-
wide distribution of clay minerals in the oceans made it clear that source
is a far more important factor in  determining the clay mineral composition
of marine sediments than is diagenesis. Distinct changes in clays do occur
upon deep burial (Hower et al, 1976) and during incipient metamorphism
(Dunoyer de Segonzac, 1970) largely as the result of temperature effects;

but the concept prevalent in the 1950's, that  diagenesis upon contact  with
sea water accounts for major distributions of marine clay minerals, has

not survived the scrutiny of later  studies.
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Chapter 6
MARINE PHOSPHORITES
F.T. Manheim and R.A. Gulbrandsen

INTRODUCTION

Phosphorite is a sedimentary rock composed largely of calcium
phosphate  minerals, dominated by carbonate fluorapatite.

The great bulk of the world's resources of phosphorus  on land,
estimated at 67 x 109 tonnes  (Stowasser, 1979) occurs in the form of
bedded sedimentary phosphorites of marine  origin. These are found in
strata from  Precambrian age onward. Seventy-five percent  of phos-

phorus  resources are in the great Cenozoic deposits of North  Africa
(Tunisia, Morocco, and Algeria); and U.S. southeast Atlantic, as well
as any smaller  but historically important coralline islands (e.q.,
Christmas Island  in the Indian  Ocean, Nauru, Makatea and Ocean Islands
in the Pacific).

Aside from ocean island guano deposits, which  were utilized by
the Incas for fertilizer (Hutchinson, 1950), counterparts to the land
phosphorites were  first found in the ocean by the pioneering ChazZenger
Expedition of 1873-76  (Murray and Renard, 1891), and again by Murray

(1885) on the Blake Plateau off Florida-South Carolina. Both of these
deposits had a harder nodular and abraded character that  suggested
foxxil (rather than currently forming) origin.

In  contrast to the richly elaborated studies  of phosphorites on
land (Cayeux, 1939, 1941, 1950; McKelvey et aZ., 1967, Bushinskii,
1966; and Gimmelfarb, 1965; and numerous references cited by these
authors), sea-floor phosphorites were long poorly known except for the
Agulhas  Plateau  deposits found by Murray, and phosphorites found on
submarine  banks off southern  California (Dietz et aZ., 1942). The
work of Kazakov (1937), followed by McKelvey et aZ. (1953), McKelvey
(1963), and Brongersma-Sanders (1957) pointed out the potential impor-
tance of upwelling, nutrient-rich zones in the world oceans to forma-
tion of sea floor  phosphorites. As may be seen in Figure 1, there is
linclude Cretaceous phosphorites as well.
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Figure]. Distribution of upwelling zones and phosphorites in the ocean. Modified from
Br-onger sma+Sande rs (1957) end BaturLn (1968). Zlgzag lines show major areas of upwelling,
correspend fug in many cases to cold water currents along coast (small arrows). Fat arrows
show major trade and other currentsS. Solid circles refer to Holocene (contemporary) phos-
pbor f.tes along continental margins. Stars indicate Middle  Tertiary (Oligo-Miocene) phos-
phorites along continental margins. Hollow circles indicate Cretaceous phosphorite. 1'rj_-
311gJes refer to island pho sphor f tcs (horizontal bar, Middle Tertiary; solid. Paleogene;
hollow, v ta ow ) ¥ Numbers & s w tc & U ow W Ereas
1. Peru-cChtlLe slope anti guano islands 8. Southwest India (also Arabian Sea)
2. Southwest Africa 9. Indian Ocean island deposits (e.g. Ocean and
J. Agulhas Plateau Christmas Island)
4. Central Africa (Togo-Dahomey-Nigeria) 10. Chatham Rise
5. Spalu (Cape Ortega) 11. Southern California offshore banks
6. North Africa (Morocco) 12. Pacific Ocean island phosphates
7. East Africa t 13. Southeast (U.S.) Atlantic gf
[Erratum  added in proof: Fig. 1. Delete sold circle at equator
and 400w longitude.]
remarkable coincidence between some of the most prominent upwelling

zones related to cold surface  currents and submarine  occurrences of
phosphorite. This is especially true off the west coasts of North

and South America, and Africa.

The distribution of high nutrient, and especially phosphate  concen-
trations is clearly not the only factor involved in  phosphorite deposition,
as may be seen in Figure 2. Very high concentrations of nutrients and
large  bird  populations occur in waters around Antarctica and in the Gulf
of Alaska,  where phosphorites are absent in bottom sediments. Moreover,
phosphorite deposits occur off the U.S. Atlantic continental margin
(Blake  Plateau, Georgia-South Carolina, and North  Carolina), off  northern
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Figure 2.  Distribution of dissolved (orthophosphate) phosphate in
world oceans at 100 meters depth. Shaded area indicates 1.0

ugram/atom P per liter contour.

Spain  (Lucas et aZ, 1978), on the Chatham Rise off New Zealand, and
elsewhere  where there is no present  upwelling.
Dramatic ~ turns in knowledge of the fornation of phosphorites have

come since  1969. Kolodny  (1969) showed by uranium-daughter dating  of

known phosphorite specimens that most sea floor  phosphorites are not
currently forming, but are relics. Thus the riddle remained: if  upwelling
was a major factor in phosphorite formation phenomena in various  settings
occurring in the world's oceans, why could we not find major areas of
ongoing  phosphorite formation? The answer was soon provided by concurrent
studies of a ~ussian  geochemist, G.N. Baturin at the Institute of
Oceanology, Hoscow, and his coworkers  (Baturin, 1969, 1971; Baturin et aZ,
1972) . Baturin showed that, in fact, t"TO classic sites of massive upwe Ll.Lrig :
off southwest Africa  and the Peru-Chile margin, had both relict phosphorite
in the form of hard concretionary and nodular  phosphorites, as well as
softer, phosphate-enriched diatomaceous and coprolitic sediments  in which
primary  phosphorite was apparently being accumulated. The Holocene age

Has confirmed by Baturin and coworkers and by subsequent investigators
through ~ 234U/238U  dating, maximum age determination using  230ThH/238Yy

activity ratios (Fig. 3; Veeh et aZ, 1977; Burnett, 1974),  gradational

phosphatization of Holocene organisms  (llanheim et al., 1975) and other
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Figure 3. Radioactive age dates on Peru-Qlile phosphorites and

isotopic tem~erature measurements  of the oceans in Late Pleistocene
time (from Burnett, 1974).
geological analysis (i.e., observation of coprolitic phosphatic remains
that must have been formed iN Situ because they were too fragile to permit

transport). The Southwest Africa  and Peru-Chile continental margins  have

become areas of intensive investigation (e.g., see Price and Calvert, 1978;

Baturin, 1978).

MINERALOGY

Guano and ~iologically-derived phosphates.
Guano, the excreta of birds (or occasionally other mammals) is
an indeterninate, organic-rich com~ound substance  dominated by uric

acid, calcium, phosphate, and potassium, with  lesser  sodium, magnesium

and trace elements. Upon reacting with  calcium  carbonates in typical
island  substrates, the phosphate  minerals listed belm-l are co=only
observed (see espec.ially Gulbrandsen, 1975);

brushite CaHPO4'2H20 (isostructural with  gypsum)

monetite CaHPO 4

whitlockite SCa3(P0 4)

danlie CaoPONON2  ambonate rydonanatie

These phases are often accompanied by other salts, such as struvite

(NH4MgPO4.6H20), gypsum, etc., and the apatites are inherently low

in fluorine. On exposure to sea water by immersion, spray or wash,
alteration and recrystallization take place. Altschuler (1973)  suggests
that most of the fluorine (F) of insular apatite is acquired by
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replacement of OH, the amount increasing with  the length of time

hydroxyapatite is exposed to sea water. Thus, a conditional test for
guano origin of phosphorite is whether it has a F/P205 rato  less than an
empirical value of 0.089. Marine  phosphorites almost  invariably exceed
this  ratio. A full complement of F corresponding to fluorapatite

has a molar ratio F/(P + C) of 0.333. The main deposits of such

islands as Nauru, Ocean and Christmas, are older and higher in F than
younger guano phosphorites on Enderbury Island, Pacific Ocean (Gulbrandsen,
1975).

McConnell (1973) has pointed out that the mineral of bone and teeth
has been incorrectly called  hydroxyapatite (Calo(PO4)6(OH)2) by
bioscientists. Rather, it is a dahllite, or low-fluorine carbonate
hydroxyapatite with C02 > 1%, and F < 1%, set in an organic  matrix.

A summary by Kudrin et al. (1964) indicated that  freshwater fish  bone
has about 0.02% F, and marine fishes and mammals contain  on the order of
0.4% F, corresponding to a F/P205 ratio of 0.022. Other  phosphatic hard

parts  include conodonts, shells  of brachiopods, invertebrate radula  (teeth)
and parts of crustacean and bryozoan  exoskeletons, urinary calculi and
renal  (kidney) stones. Doyle et al. (1978) recently reported concretions

in estuarine mollusk  kidneys  that contained 6% Zn and 0.4% Cu. On death
of the organisms in a marine  environment, most of these phases ultimately

alter  to full carbonate fluorapatite or dissolve.

Marine  apatite

The main mineral in marine  phosphorites is carbonate fluorapatite,
whose composition and properties are still imperfectly known. This is
due in large part to the mineral's ubiquitous occurrence as impure
aggregates of less than micron-size crystals, to its complexity in
composition, and also to failure so far to synthesize it in sea water
solutions. Because of difficulty in  obtaining analyses  free from
inhomogeneities and mechanical admixtures, we will  treat theoretical
compositions as a means of illustrating the constraints and probable
mineralogical relationships.

Carbonate  fluorapatite is a variety of fluorapatite that  exhibits
a small range of compositional variations. The structure of the mineral
fluorapatite is hexagonal, space group P6,/m. The unit cell contains
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CalO(P04)6F2' Thus 20 positive charges of the 10 calcium atoms are
balanced by 20 negative charges of the 6 phosphate anion groups plus the

2 fluorines. These therefore, are the basic features of the mineral  that
define  the structural and charge constraints required in  considering
the substitution of other cations or anions for the main components.
Table 1 shows the theoretical compositions and formulas  of fluorapatite

and some carbonate  fluorapatites.

The principal component that characterizes marine  apatite is the
carbonate (C03) that  substitutes for  phosphate (PO4) , hence the descriptive
compositional name of carbonate  fluorapatite. The substitution is an
unusual one; an essentially planar  carbonate anion (a carbon atom in
the center of a triangle of 3 oxygen atoms) takes the place of a tetra-
hedral  phosphate  anion (a phosphorus  atom in the center of a tetrahedral
array of oxygens). Legeros et aZ. (1967) have shown that CO3 has the effect

Table 1. Theoretical chemical compositions and structural formulas of fluroapatite (no. 1)
and some carbonate fluorapatites (nos. 2, 3, and 4).

Weight percent ------------

55.60 56.50 54.66 53.78

82

1.59 1.27

p205 42.22 35.75 36.41 36.92
S03 - - 82
co, 4.43 4.52 3.59
F 3.77 5.74 4.87 4.85
Total 101.59 102.42 102.05 102.05
O=F 1.59 2.42 2.05 2.04
Total 100.00 100.00 100.00 100.01

STRUCTURAL FORMULAS

10 cations 6 anion groups 2 F anions

Total cation charges = +20
Total anion charges = -20

Total cation charges = +20
Total anion charges = -20

Total cation charges = +19.5
Total anion charges =-19.5

Total cation charges = +19.6
Total anion charges =-19.6
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of reducing crystallite size to submicroscopic dimensions. This  gives

rise to an aggregate  polarization effect  which causes both ancient and
modern nodular  apatite to appear pseudoisotropic under the polarizing
microscope (Fig. 8).* Not only is the structural accommodation of carbonate
substitution difficult to perceive, but it also creates an imbalance

of charges; a negative charge is lost. If, however, an atom of fluorine
should accompany the carbonate and form what would probably be a distorted
tetrahedral anion (C03F) -3 the effect of carbonate substitution upon

the structure would be greatly reduced and the charges would be balanced.
This  solution to the problem requires one mole of fluorine, in addition

to the two moles that are essential in the fluorapatite unit  cell, for
each mole of carbonate that  substitutes for  phosphate. An apatite with

a substitution of one mole each of carbonate and fluorine, for example,

has a structural formula  of CalO(P04)5(CO3F)F2' as shown in Table 1.

The carbonate as C02 comprises  4.43% by weight of the mineral, an amount
probably somewhat higher than that of most marine apatite; and the total

of fluorine is 5.74% by weight, an amount higher than any that is known.
Since carbonate substitution ranges up to around 8% as COZ’ the appealing
concept  of (C03F)-3 anions is not required, at least for all carbonate
replacement. The (OH)- anion, which is similar in size to F-, may play
the same role and make up for the deficiency of fluorine. The presence

of (OH)-, however, has not been confirmed in these cases. Another  means
of compensating for the charge imbalance due to the substitution of

(cog)
phosphate  anions, is found in the nearly ubiquitous occurrence of

,but not the disparity between the forms of the carbonate and

significant amounts of sodium in the apatite.

The amount of sodium in marine apatite, as shown by the analyses
of McClellan and Lehr (1969), ranges wup to about 1.6% Na20 but is
generally less than 1%. The sodium substitutes for  calcium, being  closely
similar in ionic  radius, but has a positive valence  of one rather than
two of calcium. Its  substitution for calcium acts, therefore, to decrease
the positive charges of the structure and to help balance the decrease
in  negative charges that is brought about by the substitution of carbonate
for  phosphate, as discussed above. In this case, where sodium and
carbonate  are the only substitutions of significance, the sum of the moles
of sodium and the moles of excess fluorine (in  excess of the two moles

of essential F) should equal the moles of carbonate, as shown by formula 3

*See inside  front and back covers for Figure 8.
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of Table 1. This equality Hill  balance the charges of the structure.

The substitution of sulfate (S04)-2  (~!cArthur, 1978) for phosphate
complicates the relationship discussed  above. The sulfate anion is
similar to the phosphate tetrahedral configuration in size and does not
cause strain in the structure like  the carbonate  anion does. Like
carbonate, it is divalent and requires a compensating substitution in
order to maintain overall charge balance. Sodium  substitution is the most
obvious way of satisfying this  requirement. The charges are balanced,
therefore, when the sum of the moles of sodium and excess fluorine equals

the sum of the moles of carbonate and sulfate (formula 4, Table 1). A

plausible substitution that could help to balance the decrease in charges
due to carbonate and sulfate substitution is the substitution of silicate
(Si04)-4 for (PO4)-3. This woul.d increase  the negative charges. The
silicate substitution in small amount is a difficult one to prove and

so far has not been substantiated.

Hagnesium appears to substitute in small amount for calcium in most
marine  apatite, but its presence in other minerals, particularly dolomite,
is not easily precluded. Because magnesium is much smaller in size than
calcium, its  substitution in large amount is not favored. ~~gnesium is
divalent like  calcium and therefore imposes no change in the balance of

charges; it is included as a component of apatite in formula 4 of Table 1.

Chemical analyses and structural formulas  of real marine apatite
are presented in Table 2. The method used for calculation of the structural
formulas  is illustrated in Table 3. There are several ways to make this
calculation, but none is clearly superior to the others. Only the apatite
constituents are reported in the analyses. The Florida, Horocco, and
western  U.S.  (Phosphoria) analyses are averages of 30, 8, and 18 samples,
respectively, of apatite concentrates (free  of calcite and dolomite)
from those deposits. They are data of HcClellan and Lehr (1969). The
other analyses are averages of 3 samples each of the nodular  deposits on
the continental shelves  off Southwest Africa  and Peru (Baturin, 1971).
The CO2 and MgO contents  are assigned to apatite; no calcite or dolomite
is reported and the ~ cell dimensions  determined by Baturin and others

(1970) on other samples from the Southwest African shelf are consistent

with  the CO2 contents  reported here.
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Table 2. Chemical analyses 'of impure marine carbonate fluorapatite con-

centrates and structural formulas of the apatites. (Only the
constituents of apatite are reported.)
| 2 3 4 5 6
Florida 1 Morocco! wusal  s-w Africa2 Peru?
---we;-ght percent
CaO 43.7 51.8 44.5 415 29.5
MgO .32 .37 .26 1.6 1.5
Nas0 .51 .73 .54
P, 05 29.9 33.9 31.1 28.1 20.7
chy, 3.1 4.05 1.4 5.7 2.8
F 3.5 4.2 3.4 2.7 2.1
. Structural formulas
10cations 6 anion groups E anions
Cag¥7Mg.| Na.2 (P04)5.1 (C03).7 (CO3F).2 F2
Total cation charges =+19.8
Total anion charges =-19.3
2. Cag¥7Mg.1 Na.2 (P04)5.0 (C03).7 (CO3F).3 E2
Total cation charges = +19.8
Total anion charges =-19.3
3. Cag.7 Mg.1 Na., (P04)5.6 (CO3).1 (COgF).3 E2
Total cation charges = +19.8
Total anion charges =-19.9
4. Cag.5 Mg.g (P04)4.5 (CO3)1.5 F1.6
Total cation charges = +20
Total anion charges =-18.1
5. ca9.3 Mg.7 (P04)4.9 (CO3)1.1 F1.9

Total cation charges = +20
Total anion charges - -18.8

|Averages of 30 Florida samples, 8 Morocco samples and 15 western U.S. (Phosphoria) samples.
Data from McClellan and Lehr, 1969.

2Averages of 3 samples from the South-West Alrica shelf and 3 samples from the Peru shelf.
Data from Baturin, 1971.

The composition of the apatites of Florida, Morocco, and ",estern

U.S. are reasonably representative of Tertiary and older marine apatite.

HcClellan and Lehr (1969) found, out of 94 analyses of marine apatite,
that  substituent elements  ranged individually only up to 0.34 moles of

magnesium, 0.53 moles of sodium, and 1.35 moles of -carbonate. They

in 17 samples and found a range of 0.02 to 0.10 moles
significance.

determined sulfate
and considered the amounts to be too Low generally to be of

Significantly greater  amounts of sulfate occur in some marine  apatite;

Bliskovskii et: al.,, (1977), for example, report values up to 3.8 percent
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Table 3. Method of ca.!culation of structural formula, using data of Florida carbonate
fluorapatite in Table 2.

Weight Monatomic Reca.!~ 4
% Mwl Moles?2 Moles  Cations Anions  Charges
CaO 43.7 56.08 77924 9.696 Ca+2 +19.392
MgO .32 40.31 .00794 .099 Mg+2 +.198
Nay0 51 30.99 .01646 205 Na+1 +.205
total .80364  10.000 tota.!1+19.795
P205 29.9 70.97 42131 5.141 P0,-3  -15.423
CO, 3.1 44.01 .07044 .859 C03-2 -1.718
total .49175 6.000
F 35 19. .18421 2.248 F-1  .2.248
Tota.!-19.389

STRUCTURAL FORMULA

Cag.7 Mg.1 Na.2 / (P04)5.1 (C03).7(CO3F).2 / F2
1Molecular weight of | atom plus equiva.lent oxygen, except for fluorine.

2Weight percent/monatomic molecular weight.

3Moles of Ca, Mg, and Na reca.!culated to 10 cations of unit cell.

Reca.!culated moles = (10/.80364) moles.

Moles of P and C reca.!culated to 6 anion groups of unit cell (p moles = PO4 moles;
C moles = CO3 moles). Recalculated moles = (6/.49175) moles

Moles of F reca.!lculated with the same factor that is derived for P and C, arbitrarily.

4Ya.lenceof respective cations and anions multiplied by corresponding number of
reca.!culated moles.

The balance  of compensating substitutions (Na moles + excess F moles
(CO3) moles) in these apatites can be determined from their  structural
formulas; for example, the Florida apatite shows 0.2 moles of Na, 0.2 moles

of excess F and 0.9 moles of (CO an imbalance  of 0.5 moles. Similarly,

),
the Morocco apatite has the same3 imbalance  of 0.5 moles, whereas the
western  U.S. imbalance is only 0.1 moles. Most of the individual analyses
of McClellan and Lehr (1969), including other  deposits than the three used
here, show a deficiency of Na and excess of F.

The compositions of the Holocene and Pleistocene apatites from the
Southwest  Africa and Peru shelves differ from the older ones in having

greater ~ amounts of magnesium and having either a minimum amount of

fluorine (2 moles) or a deficiency. Baturin (1978, and references cited)
related degree  of lithification to compositional changes: Ca0, COZ’ F,
and Sr increase  with lithification; Mg and S03 decrease.

Reviewing a broad range of apatites, McClellan and Lehr (1969)
found that unit cell ~ dimensions ranged from 9.322 to 9.392A, and £
ranged from 6.877 to 6.900A. Carbonate  substitution caused the main
changes in the ~ dimension. Gulbrandsen (1970) developed an X-ray peak
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pair method of estimating CO2 weight  percent: y = 23.6341 - 14.736lx,

where 'y is CO, in weight percent and x = ~28[(004) - (410)], and the
(410) and (004) peaks occur around 51.6; and 53.1j28 for CuKa X-radia-
tion. Data from McClelland and Lehr (1969) show, in turn, that ~ cell
dimension is approximated by ~ = 9.3730 - C02/I05.253, where CO2 is in
weight  percent and ~ in Angstrom units. This method is particularly
useful  for quick estimates, and/or  where admixture of calcite or dolomite
complicate direct chemical  determination of COZ’
Relationships of chemical  parameters to key physical properties
are shown briefly in Table 4. Because of small crystallite size,  only
mean refractive index can normally be determined. This may be partly
obscured by organic  matter, or modifieG by radiation damage due to uranium
fission. However, the Table points up the controlling influence of CO2
on both specific gravity, index of refraction and unit cell size, and
demonstrates the use of refractive index as an independent method  of
obtaining compositional information on marine  apatite.
Table 4. Selected physical and chemical properties of typical phosphorites and
apatites. Values in weight percent except where noted.
Location F CO, P20S F/IP20S Hol ratio Refr. Ref.
F/(P + C) Density  Index? ~(A)4
Blake Plateau 2.5 11.4% 222 0.11 0.293 2.90-.95 1.600 9.30
Polpinskoe 3.13 6.86 31.77 0.098 0.274 2.91-.95 1.600 9.305 2
Aksai  (Karatau) 2.07 4.93 34.62 0.068 0.182 3.05-3.10 1.613 9.325 2
Luga (Baltic) 2.23 3.45 36.13 0.062 0.199 2.90-3.101.6189.32
R. Podkamennoi 3.04 1.63 36.59 0.083 0.290 3.0-3.10 1.6199.34
(Tunguska)
Chulaktau 2.88 0.50 32.11 0.090 0.328 1.627 9.35
(Karatau)
Fluorapatite: 3
Cerro de 0.07 0.05 40.78 0.0012 0.318 3.216 1.636 9.391
Mercado,
Mexico
~ Contains physically admixed free cacol References:
1 ind 1. Manheim et al., 1979 .
~ewoindex. 2. BushinskU,1966.
3. Young~ -, 1969.

D Also contains 0.41'%Cl and 1.43% rare earths

13 Mean of 21 crystal measurements.
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GEOCHEMISTRY

SOlubility of calcium phosphates
The solubility of calcium phosphates is highly
mineral  and dissolved chemical  species involved,

(Kester and Pytkowicz, 1967; Leckie

cies is related

~[::rl~:Po:

0 2 4 6 8 10
PH

of orthophogphate

Figure 4.  Distribution
pH (Sillen, 1959).

of main orthophosphate

Table 5.  Solubility of phosphate  compounds at standard
pressure (approximately 1 atmosphere, 250C).
Solubility ,
Sl}ecies Name product (Ks~)
-3
Ca(HIo,) 2 9.3 x 10
CaHPO, monetite 1.8 x 10°
CaHP0,'2H,0 brushite 22 x 107
25
Cay(P0,)2 1 x 10-
" itan 47
Ca,H,0H(P0,)3 defect  apatite 1.3 x 10-
Cas (OH) (P04)3 hydroxyapatite 5 X 10-28
3 x 1058
fluorapatite 40 x 10-61
* 2+ 2 (Ca2+(HPO )
eg. for CaHPO, = Ca” + HPO, Ksp 4
(CaHPO,)
4
where CaHPO, is a solid whose activity 1.

4
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species  with

temperature and

Reference
Ulrich (1961)
Ulrich (1961)
Farr  (1950)
D'Ans-Lax  (1967)
Moreno et: al., (1960)

Various  authors in

Koritnig (1976)

Massard  (1973)
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Replacement  of carbonate by phosphate is recognized both in the field,
and demonstrated by laboratory experiments on calcite by Ames (1959),

using phosphate  solutions as dilute as Ippm. Equilibration of natural
phosphate  minerals, which  may include  extraneous minerals, with  sea
water at temperatures from 2j to 25i{C does not show predictable changes

in  composition (Table  6).
Organic and trace  constituents of phosphorites

Many evidences  speak for the origin of non-guano marine  phosphorites

in an organic-rich, reducing environment. The actual  concentration of
organic  matter remaining  with  apatite, however, may be variable. Analyses
of contemporaneous phosphorites are shown in Table 7.

A characteristic element in marine phosphorites is uranium,  which

ranges in value from a few parts per million to about 500 ppm, with a mean
on the order of 80 ppm. Maximum values are observed in the Chatham Rise,
off New Zealand (Cullen, 1978). Phosphate  nodules exposed to oxidizing
conditions and currents at the sea floor may have the more insoluble u(v)
component  oxidized to U(VI) and leached away, depleting the sample in
uranium  (Altschuler et aZ., 1958; Burnett and Gomberg, 1977). Buried

phosphorites generally retain original uranium  proportions, and maintain
a sufficiently constant ~ U/P205 ratio  such that prospecting for  phosphorites
by gamma ray logging is a highly effective and sensitive technique. Still

Table 6. Composition of 3 natural paptites and 1 marine apatite
(10 g) exposed to 100 g sea water at 2j and 25j{C for 192 hours
(from  MacKnight, 1976).

Mexico Ontario Quebec Florida
2iC  25iC 2iC  25iC 2iC  25iC 2iC  25iC
5
PO, x 10" M 10.1 95 10.5 45 3.2 6.1 2.3 9.1
F x 10-SM 39 35 8.9 4.6 6.7 5.0 6.3 6.8
7
OH x 10°' M 2.2 6.1 45 8.0 107 147 37 7.0
Ca X 10-3m 6.8 8.1 86 10.6 9.3 102 8.0 71
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Table 7. Selected biogenic constituents in  lithifying phosphorites from
Southwest  Africa (from  Romankevich and Baturin, 1972).
. PhosEhatic concretions
Associated
SEecies sediment Soft Partly lithified Dense
PO 1.15 23.8 29.6 32.7
2°5
SiO2 (amorphous) 53.8 7.8 4.05 .90
CO2 15 5.52 5.34 6.33
C 5.2 1.8 1.03 .92
org
N 0.60 0.18 0.097 0.081
org
highe~ uraniuu  concentrations have been reported from land phosphorites
(e.q., Force et aZ, 1978; South Carolina) and some of the enrichment
is attributable to remobilization or reprecipitation of uranium in the
ground water  zone. Among minor  constituents, some ranges and mean values
are shown in Table 8.
Table 8. Ranges and mean values for minor and trace constituents
in marine phosphorites (principally from Baturin (1978)
and Kolodny (1979). Values in ppm, except where noted.
Mean or approximate mode in parenthesis.
Si02 w) 16 - 45 I~) \Y 10 - 160 (30)
AlLO3 (0) .02 - 6.0 1..:2) Co 5 - 50 (8)
Fe203 %) .07 - 9.8 1!_2) Mo 2 - 30 (6)
MnOIO) 1 - 1.5 1) Pb 1 - 100 (10)
TiO2 () .003 - .7 1.1) Zn 2 - 200 (35)
K,0l0) 1 - 20 1.4) cu 1 - 60 (20)
-1gol’) 40 - 35 11_:2) Zr 10 - 100 (30)
5rol’) 08 - 5 I~) Rb 6 - 30 (15)
Cr 3 - 200 (30) Ba 10 - 900 1:00)
As 3 - 29 1) 1 5 - 20 (8)
Nb (6) Th 1 - 42 1))
Ni 2 - 200 (15) u 5 - 600 (80-100)
Total rare earths (~O 1.03-.1) 1.045)
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Trace elements  specifically enriched in or associated with  phosphorite

include the rare earths, with  a mean value of about 0.05% ZRE. These RE

elements  substitute for calcium in the apatite structure. Baturin (1978)
concludes  that shelf phosphorites derive  their  cerium-enriched RE
concentrations from associated sediments. The 11id-Pacific guyot  deposits,

on the other hand display a RE pattern resembling ocean water and are
depleted in cerium. Tooth-derived apatite takes an intermediate position.
In  special environments, associated phases may raise trace element
concentrations. Thus, off Namibia (Sout.hwe st Africa) in  sulfide-rich
environments, molybdenum may reach top-of-the-range values;  whereas

on the Blake Plateau, replacement and accretion of ferromanganese oxides

add well-known metals  associated with  these phases (Ni, Cu, Co, HI, Fe, Ho).

High silica reflects the usual diatom productivity of upwelling zones,

and hence the diatomaceous sediment  associated with  phosphate  formation.

PETROGRAPHY AND ORIGIN

Thanks to the studies of both recent and ancient or paleo-
phosphorites, genesis is now much clearer. Al workers are noVI agreed
that for the major bedded phosphorites, upwelling of nutrient-rich
waters provides the primary source of phosphorus. Howeve r , whereas
earlier worke rs conceived that precipitation in the "later column might form
phosphate, dominant  opinion  now points  to the interstitial water  micro-
environment as the generating site  for primary  apatite. Here, phosphate

up to 50 pg -atom/g, nearly  20-fold the maximum phosphate  found in the

principal upwellinG ~ waters  (Fig. 2), is present in the pore fluids of
the sediments (Baturin, 1978 and references cited). Carbonate  and calcium
as well as a nucleation sitte may be provided by calcium carbonate  detritus.
Under such conditions supersaturation with  apatite should be present,

and phosphate  concentrations readily permit  replacement of calcium
carbonate  where present, by apatite. Fluoride (1 mg/t) and uranium

(3 pg/E) are likewise supplied by normal sea water. Thus, the requirement
for phosphate  generation may be not so much phosphate rich bottom water,
as organic  production, whose debris  accumulates in bottom sediment and
sustains high phosphate  concentrations in pore fluid. An additional
requirement for significant phosphorite enrichment is the absence of high
inputs  of diluting terrigenous (mineral) matter. Limited--but finite--
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inputs  of carbonate  minerals have been found to be an inportant supporting
factor in the Peru-Chile area. These requirements tend to exclude the
nutrient-rich polar seas as phosphorite generators. In contrast, cold
upwellin8s off desert environments such as Southwest Africa  and Peru-
Chile fit the optimum phosphorite-generating pattern.

Figure 5 shows a transect off southwest Africa at 23° S, with a
schematic  sketch  of distribution of recent and fossil phosphorites. Here

one can conclude that the conditions suitable for forming  apatite have

been maintained over much of Neogene-Holocene time. Radioactive dating  of
phosphorites from the Peru-Chile area shows a similar pattern of episodic
phosphorite formation in Pleistocene-Holocene time, as well as during

earlier epochs (Fig. 3).

~any of the ocean phosphates, however, are products of paleoenvironments
different from those prevailing at present. The nodules and plates that
occur on the Blake Plateau, off  Florida-South Carolina in the southeast

Atlantic coast of the US. (Figs. 6 and 7) are now swept and polished by
the highly  oxygenated Gulf Stream at depths of from 500 to 900 meters.

Examination of the nodules in hand specimens, under the microscope, and
by their  stratigraphic occurrence in drill cores, reveals quite a different
primary  origin. They were probably formed in organic-rich wat er s and
DEPTH (m)
____________________________________ g

100

200

300
Figure 5.  Schematic  distribution of recent and fossil phosphorite along
a transect at 230S, Southwest Africa (from  Baturin, 1978). Key to symbols:
(1) foraminiferal sediment: (2) terrigenous sand and silt, shelly in part;
(3) diatomaceous  mud, shelly in part. Hollow  circles represent Holocene
(contemporaneous and subrecent) phosphorite concretions; solid  circles
represent older  phosphorites (to Yid~Tertiary). Vertical scale for

sediments  is approximate (to  within a fe,~ meters).
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Figure 6. Photograph  of phosphorite cobbles on ocean bottom on the
Blake Plateau. Location approximately 31036'N, 79004'W, 500 m depth.
(:1¥n. Pratt, photo.)

Figure 7. llassive plate of phosphorite recovered  from Blake Plateau
by Reynolds Aluminum Co. submarine,  AZwninaut. Note remnants of coral
holdfasts (whLte patches).
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anoxic sediments at depths of a few tens of meters to perhaps 200 meters

depth, during late Oligocene to early ~~ocene time. The original source
of phosphate  was probably replacement of carbonate  particles, most  readily
the fine debris filling carbonate  tests  (e.g., Fig. Sa and b);* but
ultimately, also shell  walls. In  middle-late Niocene time, the Gulf
Stream  established itself, winnoyring  away the clayey-dolomitic matrix  of

the phosphatic marls and leaving a lag residue of more solution-resistant

and partly recrystallized phosphorite (Fig. 8)~ From this time through
at least Pliocene time,  recrystallization and erosion in multiple
stages may be observed in thin  sections (e.g., Fig. Sd, e and f~  Here,
an eroded phosphatized surface  is overlain by lithified but  unphosphatized
gZobigerina 00ze containing the same type of organisms. Phosphatized
bone of dugong or manatee (Fig. Sg)k can readily be distinguished from
repl2cement  ?hosphate by the characteristic Haversian canal structure.

The phosphorites on the Blake Plateau are indistinguishable by X-ray
diffraction from the famous Florida pebble  phosphorite (Fig. 9).

*Figures 8a-d appear inside front cover, Se-f inside back cover.

100
80
60 Ap
Florida land pebble
(Lakeland)
STA.2438 Phosphatized
bone
el ~  ~\p-_ A~p TriJiJCOAP~P'#,
10 Lo~ Ap V Ap o
0 e ! |
70a 60a 50a 40a 30a 204 104
DEGREES 28(CuKa RADIATION)
Figure 9. Xray diffractograms of Blake Plateau and Florida phosphorites.
C, Ap and Q refer to calcite, apatite, and quartz, respectively.
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X-ray  studies summarized by Baturin (1978) show that first-formed

apatites have broadened lines  signifying an amorphous phase that becomes
more crystalline upon aging. Following upon this  state, winnmving,
erosion and polishing of aggregates of phosphatized organisms  and debris
may create the typical pebble  conglomerates.

In places, the hard substrate of the phosphorites presents a
surface  for ferromanganese oxide replacement and accretion (Fig.  8h).
Such developments occur in  oxidizing environments very different from
the primary  phosphatization conditions. Erosion  and recrystallization
phenomena in many ocean phosphorites produce  structures similar to those
shown here. However,  phosphorite grains have not always been recognized.
They may be mistaken  for glauconite, dolomite, and siderite-ankerite, or

even carbonate particles.
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Chapter 6, Figure 8. Microphotographsof Blake phosphorite nodules. FromManheinet al. (1979). Figures Ba b, c, d
are on the inside front cover.
(e) Samas (d). magnification of interface 43X. (f) Sames (e). but with gypsunplate and crossed polarizers.
(g) Phosphatizedbone. Haversian canals are readily visible. (h) Phosphorite overlain by manganesexide.



Chapter 6, Figure 8. Microphotographs of Blake phosphorite nodules. FromManheimet al. (1979). Figures 8e, f, g, h
are on the inside back cover.
(a) Pebble conglomerate; magnification about 2X. (b) Phosphatic infilling of micromollusc. (c) Samas (b).
showingpseudoisotropic habit of apatite with gypsunplate. and crossed polarizers (purple is isotropic to
X-rays). (d) Phosphatizedsurface of Pliocene globigerina ooze, iron-manganese-stained,overlain by
Pleistocene-Holoceneforam ooze (cementis high Mg-calcite). Magnification 4X.



Chapter 7

MARINE BARITE

Thomas N. Church

OCCURRENCEAND ORIGIN

Previous Studies

The Tlineral barite has often been documented on land as a low

temperature geochemical precipitate that is an accessory phase to low
grade metamorphic and hydrothermal events  (see Hanor, 1966 for review).
Barite was also discovered in the deep sea as borderland concretions by
the Challenger Expedition (Murray and Renard, 1898). The Russians
(Vinogradov, 1953) later  found barite crystals and nodules off the border-
lands of southern India  associated wi.th benthic  protozoans of the order
Xenophyphorida. Harine  barite  has been detected as rather  ubiquitously
dispersed microcrystals in deep-sea  sediments largely underlying productive
areas of the eastern  equatorial Pacific and occasionally the Atlantic

(Goldberg  and Arrhenius, 1958;  Griffin and Goldberg, 1964). In fact,

barite occurrence in the marine environment was proposed to limit the

concentration of soluble barium in the oceans (Arrhenius, 1959). A
preliminary calculation of the solubility of barite suggested  that in
some deeper ocean waters  supersaturation may occur (Chow and Goldberg,
1960), and that the generally observed increased concentrations of barium
with  depth in the oceans may reflect the dissolution of biologically
formed  barite.

Morphologically marine  barite crystals were found commonly smallL
(2-4um) often localized in yel | ow aggregates presumed to be fecalized
biological debris  (Goldberg  and Arrhenius, 1958). Occasional large
euhedral  crystals (30 x SOpm) were reported for these same sediments
(Arrhenius, 1963).

Concentrations of barite up to 10% by weight on a carbonate-free

basis were reported for sediments of the East Pacific Rise  (Arrhenius

and Bonatti, 1965). To explain this  geographical distribution, these
workers  proposed  hydrothe~al transport of barium to the sediment
surface  associated with  deeper magmatic  activity typical of oceanic
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rises. The released barium  enriches these rise sediments by being

distributed between pore solutions, smectite phases, barium zeolites
(such as harmotone), and barite. Alternatively, oceanic  equatorial

regions  in the vicinity of ridge systems may produce a rain of marine
organisms  which can extract barium  from surface waters or which might
be metabolically excreted as granules, such as those associated with
Xenophyphorida (Arrhenius, 1963). Thus, marine barites might  collect at
the sediment surface  along with other biological debris.

Recent  Studies

In the past decade there has been continuing research  and perhaps
more accurate info~ation on the occurrence of a oarine  barite and ~eans
for its  formation. Church  (1970) cOTlpleted a dissertation on the
subject, largely as a sedimentary phase; and in another recent dissertation,
Dehairs  (1979) investigated barite as a particulate phase in the water
column.

Church  (1970) used both heavy liquids and acid leaches to isolate
marine  barite from numerous deep-sea sediments and other phases. ~~frine

barite  was detected down to the 500 ppm level in many pelagic sediments

largely from the eastern equatorial Pacific (Fig. 1). Abundances

averaged about 1% and occasionally up to 3%, most often in the 2-4um
range and occasionally over Sum, lfuereas much barite is found on the
East Pacific Rise, any firm correlation with  water depth is not evident.
Along the equatorial region, marine  barite occurrence is broad, but south
of 12°S the probability of finding barite becomes less with increaSing
distance from  shore. In the temperate  southern latitudes, the occurrence
of barite is restricted to the East Pacific Rise, in general agreement
lvith  the results of Arrhenius and Bonnati (1965),  although it apparently
is not the consistently abundant  (10%) and uniform  phenomenon they suggest.
Locally, there are some conspicuous absences of barite, such as at the
very crest of the East Pacific Rise, where hydrothermal barium  sources
are proposed to exist. Between adjacent locations and even within a
single  core there are variations of a factor two or more. Ohereas there

is no uniform trend of barite abundance  Ivithin the sediment column in
the equatorial region, there seems to be a decrease with depth for East

Pacific Rise sediments.
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Sedil'lentary Hineralogical Associations

According to Church (1970), the occurrence of barite is characterized
by three basically different environments: (1) an abundance of biological
debris  such as calcareous and siliceous tests; (2) abundant manganese
and iron phases both in concretionary and dispersed forms; and (3) altered
volcanic debris  such as predominant montmorillonite, palygorskite, and
clinoptilolite facies. This is also in order of frequency of occurrence

by about 10:2:1, and each facies is now discussed  separately.

A distinct occurrence of marine barite in  predominant (>50%)
carbonate  and siliceous oozes of the eastern Pacific is shown in Figure 2.
A correlation is found with 72% of the samples containing barite  within

the carbonate  area. Often  such predominant carbonate  sediments  are well

below the lysocline and show distinct corrosion of thin-walled tests.
There is Likew Lse a good correlation between barium and silica in ocean
waters, sediments, and the occurrence of barite in  carbonate-free silica
oozes of the eastern Pacific. In opaline  sediments, barite occurrence
is often concentrated in the darker iron-rich material by a factor  of
three. Thus the incorporation and dissolution of barium-enriched silica

tests  (Martin  and Knauer, 1973) could provide an equally important means

for the fixation of sedimentary marine  barite. Most  likely the overall
factor  in marine barite formation is the efficient deposition and benthic
degradation of organic  carbon rather than the type of individual test, and
Figure 3 shows a broad correlation between marine barite  and surface

organic  carbon.

Hangane se phases are well known to concentrate barium  relative to
other alkaline earths  (Arrhenius, 1963; Puchelt, 1967; Cronnan and Tooms,
1969; see also Chapter 1, this volume). Since barium  concentrations for

these minerals are tenths of percent, they probably  provide a barium-rich
milieu and potential sources of barium for sulfate precipitation, and

several  occurrences of large crystalline barite in manganiferous material
have been observed (Church, 1970; Burns and Burns, 1978).

Altered volcanic debris can provide surface  reactive minerals to

concentrate and redistribute barium,  perhaps of local volcanic origin,
from basalt  weathering. These phases usually include  palygorskite/
atapulgite and occasionally the zeolite clinoptilolite (see Chapter 4,
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Figure 3. Barite and organic carbon in surface sediments of the eastern
Pacific.

this  volume). However, in one attempt to correlate the occurrence of
barite  with carbonate  versus phillipsite facies (Church,  1970), there
was a factor of ten greater  occurrence of barite in carbonate, but
phillipsite-free sediments  than in phillipsite or carbonate-free sediments

alone. Because of its exchange properties, phillipsite could compete
for Ba2+ jons and limit the growth or perhaps even dissolve barite

(one barite dissolution technique  uses cation exchange resin). The
barium  zeolite, harmotome, has been one such potential phase identified

on the sea floor  (Arrhenius, 1963). Thus there seens to be a rather  direct
and probable  biological link  between the occurrence of marine barite and
biogenic (calcareous) sediments.

Bioloeical Associations

Barite may arise in the marine environment as a direct  metabolic

product. In fact, barite has been reported in benthic  protozoan aninals
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classed as the order Xenophyphorida (Vinogradov and Kovelisky, 1962),

which had been suggested (Arrhenius, 1963) to contribute some, if not
all, of the barite to deep-sea sediments. Alternatively, Xenophyphoridae
could incorporate pre-existing sedinentary barite along with the tests,
spicules, and mineral  grains from which they form an arenaceous  skeleton
(Leoblich, 1966; Tendal, 1972). In one set of specimens netted in the
western  Atlantic wat ers, Church (1970) could find no barite. Also,
since the geographic range of these organisms is restricted to equatorial

regions, while  marine barite  occurs far outside these bounds, it appears

unlikely that  Xenophyphoridae are significant biological contributors.
However, the group of marine organisms called Acentharia (Botazzi and
Schreiber, 1971) have tests of celestite (SrSO4) with  several  mole
percent  barium  (Vinogradov, 1953). Although  celestite should be unstable

in sea wat er, Acantharia or these tests could be important barium  suppliers
or precursors for marine barite. This  hypothesis has gained strong
support  from the recent discovery of suspended marine barite in  most
oceanic water columns (Chesselet et al, 1976; Dehairs, 1979) which is

discussed  next.
Suspended ~arine  Barite

Barite  particles have been discovered as a universal component  of
suspended water in the Atlantic and Pacific Oceans (Chesselet et al,
1976, Dehairs et al., 1979, Dehairs, 1979). This discovery  was made
after  electron microscope/microprobe analysis of discrete particles

collected during the GEOSECSprogram, and these barite particles of about

a micron in size represent by far the largest proportion of total
suspended particulate barium. Particulate barite concentrations in the
water column usually decreased from 40 (surface) to 10 (bottoo), averaging

20 ng/kg sea water.

The morphology  of these suspended barite particles include irregularly
shaped ellipsoidal or spherically rounded particles more than the distinct
crys talline habits  typical of sediments, suggesting some water colurm
dissolution. Such dissolution could contribute significantly to the
increased concentration and evolution of barium to deep-sea waters
related to the apparent undersaturation of barite in all ocean water

columns  (discussed in the next section). Even in the water column,
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biological debris  appears to be essential for  providing a barium rich,
sulfate excess  micro-environment for the non-equilibrium precipitation
of barite. Thus, the basic mechanisms for [llarine barite precipitation

could be the same in sediments and the water column; the organic

degradation of barium enriched  biological matter. Such a concept is
also  supported by the particulate barium  concentration in the ocean
water column which correlates with  biological productivity, as indicated
by dissolved phosphate  contents  of corresponding surface  waters  (Dehairs
et al, 1979). In such cases, the highest contents of suspended barite
are found just below the euphotic  zone.  Alternative to indirect marine
barite precipitation after  death and decay, one could also consider
direct  metabolic secretion and precipitation. The celestite spines  of

Acantharia can contain up to 0.5% barium, and upon death could re-

crystallize to the more barium-rich forms.
Marine  Barite  Fluxes

It was proposed by Church (1970) that calcareous fluxes  containing
up to 200 ppm of barium could provide sufficient bariuln  to produce all

the barite observed in such calcareous sediments (Table 1). A similar

Table 1. Barium in carbonate sediments - A [lass balance.
Fraction Accumulation Rate Ba Ba Accumulation
(9/ cm2_103 yrs) ppm (uglem2-103  yrs.)(%)
Carbonate  (90%) 2 200 400 77
Clay 0.2 600 120 23
"Marine  Organics" 0.04 10 <1 <1
TOTAL 2.24 520 100
Bulk Sediment 90% Carbonate 232
Carbonate  Free 2320
Comparisons
Rispac 68 (Ranor & Brass, 1968) 2200
Rispac 58 (this  work) 3800
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mass balance for siliceous sediments  might also be possible  were there
more conclusive values  for barium enrichment. From the failure of several
laboratories to grow barium rich diatom tests from barium enriched sea

water, it is probable that the barium contents of these organisms are

in the soft rather than hard parts. A more recent estimate of the
particulate barium  distribution is provided by Dehairs et al. (1979) and
reproduced in Table 2 as percent of the total particulate barium  load
comprised  of barite. It is seen that barite represents well  over haif
of the total particulate barium,  reaching a maximum in intermediate

waters and decreasing with  depth due to dissolution. It is estimat~d by
Dehairs et al. (1979) that marine barite dissolution in the water colu~n

can contribute about 0.4ug Bajcmz-yr to the benthic flux  of dissolved
barium. By comparison, calcareous and siliceous biological debris
contribute another  0.5ug Bajcmz-yr, yielding a total of 0.9ug Bajcmz-yr,
of which about half comes from the fallout and in situ  dissolution of
marine  barite. Some of the marine barite fallout must reach benthic
sediments, and using an average value of about 1% by weight in carbonate-
free sediments of the eastern equatorial Pacific depositing at about
1 mm/IO3 yrs, the flux of marine barite to deep-sea sediments is about
0.34ug Ba/cm 2-yr (Church,  1970). Increases in  barite content  with  depth
(1 to 3%) over an interval of about 0.2 myield a sub-sediment barite
growth rate of 0.04uyg Ba/cm 2-yr.

Thus, it appears that of a total marine barite barium  flux  of about
0.8ug Bajcmz-yr to sediments, half  dissolves back into deep water and

the other half becomes inherited by barite-bearing deep-sea  sediments.

Table 2. Contribution of barite and other barium phasesto particulate oceanmatter in
low latitudes (after Dehdrs, et alL;, 1979).

Particulate Barium Contents (ng/kg)

SiD CaCD, Part. Drg. Alumino- Barite
Waters Total Tests Tests Matter Silicates (difference) Barite
Surface 11 0.6 0.6 1.8 1.3 6.7 61
Intennediate 10 0.3 0.3 0.9 0.8 7.7 7
Bottom 14 0.3 0.3 0.9 2.7 9.8 70
Assumed Ba
Concentration 120 200 60 600

(ppm)
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The net result is that about one-third of marine  barite appears  pelagically

generated from the water column, and about an additional two-thirds is
diagenetically produced in the sediments. Both processes, however,
appear to be basically the same; namely, the degradation or alteration of
barium-enriched biological rellains  in restricted sulfate excess  micro-
environments.

Barite  has been reported in  deeply drilled cores of the central and
western  Pacific (Cook and Zemmels, 1972). Some of these were isolated,
and from morphology and geochemistry appear indistinguishable from surface
pelagic varieties (Church,  unpublished).

Other Oceanic  Barites

There appear to be isolated instances of barite found in the deep
sea and coastal environments which  appear to be non-marine in orig~n in

that their  barium  supplies are not uniformly provided by open ocean

water. These oceanic types plus those found on the continents can be
readily distinguished from  microcrystalline pelagic marine  barites by
their ~ geochemistries (Goldberg et al., 1969; Church and Bernat, 1972;

Guichard et at,  1979).
Church  (1970)  reports large  barite panes associated with a friable

manganese-?.alagonite concretion from the Indian Ocean Hhich appears to
have non-marine rare earth  geochemistry (Guichard et al., 1979). A
rather ~ dominant  palygorskite deposit  of the central Pacific also yielded
spectacular barite panes (50 x 100p) , the palygorskite of which appears
to have been formed out of equilibrium I'ith sea water at elevated

temperatures (Qlurch and Velde, 1979). Bertine and Keene (1975) also

report  similar large  barite crystals infilling opaline rocks  with

associated volcanic debris  in the Lau basin. From isotope analyses, these
barites formed at te~peratures elevated well above the sea floor  from

the contact of hot barium and silica rich  hydrothermal waters  intruding

cool sea water. The borderlands of southern California have yielded a
number of dredge-hauls of rather  pure barite slabs. From sulfur and oxygen
isotope data  (Church, 1970; Cortecci and Longinelli, 1972), these appear
to be hydrothermal products of reoxidized barium-rich sulfide deposits.

Other forms of barite largely in concretionary or rossette forms are

found both in modern day estuarine varved clays of the southern Baltic
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(Suess, 1979) and various  continentally located ancient marine sediments
(Guichard et al., 1979). These appear to result  from the post-depositional
incursion of marine water (sulfate) into  low-grade metamorphic or
chalcopyrite-blende facies  previously enriched in  barium. Thus, most
of the non-pelagic marine  barites seem to be isolated as individual
instances that do not largely participate in the barium  biogeochemical

cycles of the open sea.

GEOCHE1!ISTRY

The composition of marine barites is essential to understanding
their  locus and mode of precipitation, as well as distinguishing various
oceanic and continental varieties. Marine  barites generally are
remarkably pure,  containing mostly  1-3% strontium, lesser  amounts  (100-
1000 ppm) of calcium and potassium and traces of several other elements
including lanthanides and natural radionuclides. It is these trace
elements, however, which are most useful to fingerprint origins and

modes of formation of marine barite.

Major  Elements

Church  (1970) analyzed a variety of marine and continental barites
for  strontium, calcium, and potassium (Fig. 4). Strontium ranges  from
0.2-3.4%  with an everage of 1%. Barites formed in different environments
seem indistinguishable on the basis of Sr content alone (Fig. 4a).
However, most [larine  barites and borderland varieties are restricted to
1-3% Sr, while continental varieties generally have a greater range of

Sr.  Barites suspended in the v7ater column have also ~stly percent

levels of Sr, but some can range the entire BaSO4-SrSO4 range  (Dehairs

et al, 1979) as shown in Figure 5. For both water column and sedimentary
marine  barite, one might expect a rather cons'tant Sr content if formed
from a constant Sr/Ba  (saturated) jon rato in bulkk sea water. The
variability in Sr content suggests that, in fact, marine barites form

in variable Sr micro-environments or at different rates rather  than

from open sea water.

Both Ca and K have concentrations between 0.01 and 0.1% with no
apparent  correlation to each other, the Sr content, or crystal size.
Some portion of these low values might be due to slight contamination by
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trace  feldspar inclusions. As shown in Fig. 4b, the distribution for Ca

averages  0.01-0.1% and compares indistinguishably from continental
varieties. As shown in Fig. 4c, the distribution for K shows a distinct
clustering between  0.01-0.1%, while  continental anc borderland varieties
tend to concentrate lower than the O.Ol~; level

Hinor  Elements

Minor  elements in three  Pacific marine  barites were analyzed  semi-
quantitatively by emission spectroscopy (Church, 1970). The results

shown in Table 3 show most transition elements not detectable, with a

Table 3. }tinor element survey of marine barites.

Estimated errors (in ppm) in square brackets.

m
X-ray Emission

Fluorescence Spectrometry

Detection Proa 101
Element Limit Dodo 8 Proa 101 Ris 60 (E.  Snooks)
Fe 100 330 [20] 180  [25] 2715 [22] 100  [50]
Cr 100 0 0 0 10-100
Zn 150 250  [100] 200  [100] 0
Cu 400 0 0 0 1
Ni 200 0 0
Pb 100 0 0 - 10
I1n 200 0 0 - 10
Co 50 0 0 - 10
Sn 500 0
Zr 30 60 [15]
Na - - - - 100
Cl 100 200  [sO]
Si 1000
p 10
Hg <10
Ag 1
Ti 1o
Ga 10
Al 1000
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few (Fe, Zn, Zr) less than several parts per million. No evidence  wvias
found for the high levels (100-1000  ppm) of Cr, Sn, Pb, and Zr reported
by Arrhenius (1963). The amounts of Si and Al probably reflect mineral
inclusions, while  the Na and CI woul.d correspond to one percent of

occluded sea water.

Rare Earths

There is only one study of rare earths in barites (Guichard et al .¥

1979), and this lends information on the locus and mode of marine
barite formation. As shown in Figure 6, the total lanthanide concentration
of marine  barites (like  Th) are considerably more than terrestria’
varieties. Also the chondrite-normalized patterns of marine  barites show
the generally concave upward "V'" pattern  of rare earths in sea water
which  seem indicative of a sea water lanthanide origin. One major
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exception is that marine barites lack  the negative cerium anonaly of sea
water. Unlike  the other trivalent rare earths which should exist rather
readily in sea water as poly-carbonate anion  complexes, tetravalent Ce

may exist as a more adsorbable neutral hydroxide species  derived  primarily

fro~  adjacent detrital supplies. However, for one marine barite isolated
from a manganiferous concretion, the Ce anomaly was distinctly positive
as is the case for most benthic  manganese nodules. For another  marine
barite isolated from a strongly reducing environment, Eu displays a
sharp  positive anomaly. This would be expected for favorable co-
crystallization of reduced Eu(ll) cation, a ba(ll) isomorph. The pattern
of rare earths in barites can be interpreted on the basis of the combined
effects of rare-earth substitution behavior anQ solution complexing.
[farine  barites under the normal Eh-pH conditions of sea water seem to
reflect well, and be good indicators of marine lanthanide sources. Only
under marine or continental conditions of increased brine  strengths and
alkalinity do barites appear to reflect rare earths  patterns fractionated

by solution complexing.
Thorium, Uranium, and Radium

The first analyses for Tn and U in [larine barite come from the

Atlantic (Somayajulu and Goldberg, 1966). These workers  found lower
230Th/232Th  activity ratios for  barite than their  bulk sediments.. They
attributed this  difference to a more benthic fo~ation of the barite

than the sediments  which derive their = 230Th isotope  from surface

productivity. Goldoerg et al., (1969) showed narine barites contain

significantly more Th (10-30 ppm) than continental varieties C3  ppm).
Church and Bernat (1972) analyzed barite and bulk sediment in tHO

Pacific cores for Th and U contents and isotopes (Fig. 7). They generally

corroborated earlier results of higher Th contents and lower 230Th/232Th
ratios relative to bulk sediments for equatorial Pacific pelagic marine
barites. Also, they found that with depth the Th content of barites,
while  always greater  than their bulk sediments, tended to decrease  while
the amounts of barite increased. They attributed this to marine barites
growing  diagenetically after  burial with  limited supplies of detritally
provided 232Th. Also, the identical 230Th/232Th  chronologies for barites
and their  sediments  suggest the bulk of marine Dbarite formation is in

188



>\, PIOUERO |
0QeN|14.W)

(Church and Bernat, 1971).

~ BULK SEOJMENT

" mnn 1
—~—~— ~

<
<,
<,
<

>]< LK

BARITE _ Abundance -
G _C5fBU|kJ Thorium  Content Th 228 <, Thorum 228/232

20

coss

Figure 7.  Thorium and its isotopes in a Pacific barite core - Piguero I

surface  sediments. The 230Th/232Th  ratios of these marine barites are
uniformly lower than bulk sediments, reflecting the differential surface
and benthic  supplies respectively for the two isotopes in the two phases
as originally proposed by Goldoerg et al. (1964). As noted in Fig. 6,
the  short-lived 228Th ()2 = 2 yrs), shows significant excesses in
surface  sediments. This suggests that the intermediate 228Ra daughter
(t1!2 = 7 yrs) is probably efficiently scavenged and exchanged  during
diagenetic marine  barite formation.

later  directly measured with depth in a
and Somayajulu (1977) along with

Radium in marine  barite was

central Pacific core analyzed by Borole
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the daughter  210pb. Radium-226  was significantly enriched in marine
barite at about a rather  constant average 226Ra/Ba ratio of 15 x 1014
atoms/mole. This ratio  generally reflects the high 226Ra/Ba pore water
ratios of 85 x 1015 atom/mole  reported by Somayajulu  and Church (1973)
for another  Pacific core. This efficient and co-crystallized incorporation
of ionically similar Ra for Ba also corresponds to the classical use of
barite to scavenge radium from solution and behavior as a BaS04~RaS04
ideal  solid  solution. The constant 226Ra/Ba ratio  with  depth  (rather
than a sharp decrease from radioactive decay of 226Ra expected for a
closed  barite system)  supports the rapid exchange of 226Ra marine barite
crystals and surrounding solutions on the order of its decay constant
(578 «x 107 yr 1 ).  Even the 228pal 2% Ra ralo of 002 + 0004 IS about
a factor of two below pore waters, suggests  this in situ  exchange of Ra
must be quite rapid on the order of vyears. The isotope  210pb also

analyzed by Borole and Somayajulu (1977) showed a range 20-66 dpm/g with

an activity ratio  to its 226Ra parent only 3-12% of unity. Such a
depletion is most likely due to the diffusive loss of the 222Rn inter-
mediate rare gas. Such a gaseous loss of radiogenic intermediates also
limits the 4He dating of marine barite. In one attempt by Church
(unpublished, reported in  Church and Velde, 1979) to 4He date large
marine  barite panes with size correction for loss of alpha particles,

ages of about 106 years were obtained which are at least consistent with

their  Tertiary sediments.

Stable  Isotopes
The stable isotopes of sulfur have been analyzed on one borderland

barite slab  (Cortecci and Longinelli, 1972), which  generally show the
fractionation effects of sulfate reduction. Both  sulfur and oxygen
isotopes were run on a suite of marine, borderland and continental

barites (Church,  1970). The results shown in Figure 8 show marine

barites approximate marine  sulfate more than continental varieties.

Harine  barites tend to fall into two classes largely on the basis of their
oxygen isotopes. Large marine  barites (>5um) match or are slightly

heavier in both isotopes than sea water sulfate. while  smaller  barites
(xSum) tend to be lighter in oxygen and perhaps also sulfur. These light
values match in one case (PIQ 1) a lighter value for coexisting pore
water. Light  sulfur isotopes in  barite could arise from bacterial
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barites.
sulfate reduction, which  removes the heavier  sulfur isotope as pyrite
with  subsequent  barite precipitation from the resulting net light sulfur
reservoir. Barites thus  probably grovl close to the site of such reductions
such as the interiors of tests or organic aggregates  where the sulfate
reservoir is closed and limited. V~rine  barites from more reducing
environments, such as in the presence of pyrite, have lighter sulfur
isotopes supporting this  concept of closed system sulfate utilization
and reoxidation within the restrictions of barite producing micro-
environments. In sharp contrast, barites from borderland regions  are
very heavy in both sulfur and oxygen. This is best explained by an open
system of continuously fractionated sulfate reduction (4 sulfur/l oxygen).
The light isotopes are removed by exchange or HZS evolution followed
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subsequent barite precipitation from a late stage residual sulfate

reservoir. Such a fractionation sequence often occurs in oil brines  or
stagnant evaporite deposits. It is conceivable that  borderland barites

form under  similar evaporite, brine-forming conditions, and not as a

precipitate of normal sea water.

CRYSTALLOGRAPHIC AND THERMODYNAMIC PROPERTIES

Crystallographic Parameters

Barite can accommodate foreign ions by heterogeneous occlusion or
homogeneous  substitution (Gordon,  1954; Halton, 1967). A homogeneous
solution forms when only a single  substituted orthorhombic barite phase
results. Barite is known to form continuoUS solid  solutions with  Sr,
Pb, Ra cations or Cr(4 anions, while the substitution of Ca appears to
form a discontinuous series (Deer et al,  1965).

Harine  barites contain  between 0.5 and 3% strontium, and whether
or not the Sr is in solid  solutions with  barite can be established if
linear contractions in unit cell dimensions are observed with increasing
Srcontent (Vegard" sLaw) . Church (1970) performed such an analysis on
a suite of marine barites by measuring reflection spacings  with a high
precision Ha.ag film camera (xO. 003A) . The cell dimensions and voLume
were calculated according to Bostrom  (1968) wusing a computerized reiteration
program. The data for both natural and artificial marine  barites is
summarized as the contraction of wunit cell volume versus Sr content
(Fig. 9). There is a definite contraction of all unit cell dimensions
with  increasing Sr content  in marine barite, indicating that Sr is indeed
in solid  solution.

The rate of wunit cell contraction v7ith  Sr content  for marine barites
is greater than that observed in high temperature barite precipitates
(Bostrom, 1968), wvrhf.ch obey Vegard s Law, This suggests an energy
requirement greater than ideal to form the natural mixed solid at lower
temperatures. Artificial precipitates undergo  non-ideal contraction to

a much greater extent, a portion of which is probably due to unusually

enriched amounts  of substituted calcium.. The sea water equilibrated pure
barite has  similar spacings  to pure barite which suggests  strontium is
taken up without permutation of the lattice
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Marine  Barite Saturation in  Sea \-later

It is necessary to ask to what extent marine barite is formed in
thermodynamic saturation with  open and pore waters of the sea in order
to evaluate their ~ mode of formation and role in the marine geochemical
cycle of barium. Chow and Goldberg  (1960) first predicted barite should

reach or approach saturated equilibrium in the sea. Church and Wolgefluth
(1972)  evaluated the saturation of marine  barite as a function of benthic
decreases in  temperature and increases in pressure  on the actual ion
activity product  of barite. In this  analysis, the changes in ion

activities of participating barium and sulfate were calculated from ion
pairing models and compared to the ion activity solubility product  of
pure barite, also a function of temperature and pressure, The results of
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marine  barite saturation

are summarized in Figure 10 which plots the
saturated molality of barite  versus the actual barium molality with
depth for the eastern  Pacific. There is fair agreement ‘lith the barite
saturation measurements  of Burton et al. (1968) for surface  English  Channel
water. The barium contents  of barite-bearing sediment pore waters at
depth is also compared to check the accuracy of the calculation. There
is remarkable agreement  between the calculated saturated barium  molality
and the pore ‘raters of barite-bearing' sediments (50ug/kg at the ocean
floor). The overlying water column is undersaturated by a factor  of
0
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Figure  10.. Concentration of barium in eastern  Pacific wat ers versus
calculated barite saturated barium  concentrations (Church  and Holgemuth,
1972) .
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about two or more. Suspended marine  barites must form in restricted

microenvironments and being undersaturated should tend to dissolve with
depth with  disintegration of these biogenic environl'lents. Such a
dissolution of marine barite confirms  the calculations of Dehairs et al
(1979) which  shows significant dissolved barium fluxes to the deep sea from
the fallout of pelagic barites, However,  sedimentary marine  barites in
these  Pacific sediments  appear to be forming at equilibrium with  their

pore waters and thus stable after  burial. In silicous sediments  of the
Antarctic, however,  barium in pore waters appears supersaturated suggesting

kinetic factors or organic  coatings can support  such thermodynanically
unstable conditions (Li et al, 1973). Desai (1961) also showed such
supersaturation to be the case in organic rich  culture solutions containing
barite. The mixing regimes of river  estuaries appears to create  super-
saturated conditions that could be forming marine barite (Hanor and
Chan, 1978). This appears to result from the ion exchanee of barium
off  riverine clays when they encounter sea water and sulfate. There
needs to be a careful search for such a potential estuarine locus  of
marine  barite formation and contribution to marine  geochemical cycles.
Most  saturation calculations are based on the assumption that the

purity of marine barite renders them as ideal as pure barite in their

saturation properties. Hanor (1969) demonstrated that if barites are
assumed to form a non-ideal symmetric  solid  solution with ~ Sr, assuming
solid  activity coefficients greater  than unity, then lower saturated
barium  molalities could result in  rendering surface  sea water actually
saturated with a (Ba0.62Sr0.3S)S04 marine  barite. Church  (unpublished)
measured  experimentally the barium  contents of sea water after precipitating
artificial marine  barite and sea water equilibrated with  pure barite.
The pure barite equilibrations yielded saturated barium  contents  which
matched well the saturation calculations for 10C (Fig. 11). However,
artificial marine  barites containing natural levels of Sr but elevated
contents of Ca yield elevated, apparently supersaturated, barium in
solution. Evidently the non-ideal substitution of cations as dissimilar
as Ca to Ba significantly alters their ~ solid  activity coefficients.

Unlike  Hanor's (1969) prediction, these  coefficients for Ca appear less
than  unity. A further enigma develops however if one calculates the
theoretically saturated concentration of barium on the basis of solubility
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Figure 11.  Gibbs-Helmholtz plate  of barite saturated barium  concentrations
versus  temperature. Displayed are precipitate and equilibrated pollutions
for highly  substituted synthetic marine  barites; calculated and measured
suration for pure barites in sea water.
constants estil'lated from mean alkaline earth  sulfate activity coefficients
other  than BaSO4 (unmeasured). The predicted saturation calculations
are about half what one -calculates for pure barites from ion activity
product  calculations or measured. This can only be explained if in fact
the surfaces  of marine barites equilibrated with sea water become more
enriched  in substituted alkaline earths than their bulk solid  contents
and thus vyield apparent  supersaturation. This same phenomena apparently
alters the actual saturation properties of calcite and aragonite
(Boorse, in press). Resolution of this enigma must await more -careful
equilibration experiments that monitor  the surface  chemistry of equilibrated
marine  barites using  photo-electron spectroscopic techniques.
Substitution Properties of Ilarine Barites
The effects on solubility of substituting cations (e.q., Sr. Ca, K)
into a llarine  barite can be evaluated by three approaches: (1) calculating
the ideal  composition of a marine barite; (2) the experimental precipita-
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tion of barite from sea water; and (3) the equilibration of pure barite
in sea water. By comparing these compositions one can calculate thermo-
dynamic values of enthalpy and entropy of substitution for a given cation
and pass judgment on the accommodation of sea water ions by Dbarite.

These three approaches were taken by Church (1970).

The ideal  composition of a marine barite can be computed by assuming

that ions similar to barium form indistinguishable cOl'lponents  of the
barite structure, distributing themselves  in chemical  equilibrium be tween
the solid and solution. This  distribution is ideally proportional to their
sulfate solubility products  compared to BaSO n For dilute constituents
the assumption is also made that the activity [ 1 of the -constituent in
the solid is proportional to its mole fraction (X). The general
distribution equation  may be expressed for a substituent M
Solid @
kd(BaSO4) . T .

where D0 kd (NSO4) ideal  distribution coefficient.

The calculated composition of our ideal marine Dbarite precipitating
from surface sea water is listed in Table 4 using both the molal and
activity ratios of component ions in sea water. The ideal Sr and Ca
concentrations for a sea water precipitate of barium sulfate are one to
two orders of [llagnitude  higher than those of natural marine  barites.
This  result is rather  insensitive to the wuse of molal rather than activity
ratios  since most specific ion complexity effects tend to cancel. These
effects are also assumed to largely cancel when the substituent calculation

is repeated at lower temperatures and higher  pressures of the deep sea.
The results of an ideal marine barite composition at OOC; 500 atfl are

also shown in Table 4. The effect of lowering the temperature to OO0C

and raising the pressure to 500 atm decreases the substitution of cations
in marine Dbarite. T~e ideal concentration of K (assUTlin~ the bisulfate
end member) agrees well with those found naturally in marine barite.

The degree of non-ideal substitution into marine barite seems to be

ion specific, and the order K, Sr, and Cais the order of ion radius
similarity to that of Ba.
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Table 4. Ideal Sr, Ca, and K compeLrlon of marine barite precipitates as a
function of temperature and pressure.

oru ¢ Radius

Sea Water (Pauling, 1953)
Sea llater Molality y-free (frac. unassoc.) Activity r($.) 6r($.), Ba-M
9.0 x 10-5 0.24 0.95 2.1 x 10-5
ca 1.02 x 102 0.24 0.91 2.9 x 10° 0.09  0.36
K 1.01 x 10-2 0.62 0.99 6.2 x 10-3 1.33 0.02
Ba 2.6 x 10-7-1.8 x 10-7(04C) 0.24 0.93 57 x 10-8 1.35
25i4 1 atm. aoca 1 atm. 04aCa500 atm.
i Natural
Hole Percent Mole Percent 6Va xot e Har Lne Barite
KdU:S04) (Activities) (Molalities) Kd(HS04) Percent cc/mole Kd(MS04) Percent Compositions
sr 2.6xI0-7 13% In 2.5x10-7 9.5 -41.5  6.3xI0-7 5.0 0.3-3.0%
-6
ca 2.9xI0 13 12 6.0xI0-5 53 -41. 3 1.5xI04 25 0.01-0.10
K --- - -- 49073 0062 -271 9.0x03 0043 0.01-0.10
ga 1.0xl0-! -- -- 5.4xi0-1 --- 42.0  1.4x10-10
llarine  barite  was synthesized under a variety of conditions which

approximate those of the real sea water system in that dilute sulfate-free
bariUll  sea water solutions containing dilute barium Here added slowly
and homogeneously to large volumes of sea water. Such synthetic marine
barites contain  several precent Sr, one percent Ca, and tenths  percent
K, regardless of mode or order of reactant additions. Lowering  the

temperature to OOC decreases the Sr and Ca levels, while  raising the K

concentration. A second set of syntheses using slower reaction rates
and larger  volumes produced even lower Sr, Ca, and K concentrations in
the barite. More rapid  addition apparently allovrs greater  substitution,
vihile  longer  digestion times allow ion exclusion and closer  approach to
an equilibrium distribution between marine  barites and sea water, A
comparison  of ideal and synthetic composition for marine  barites as a
function of tem?erature are displayed in  Figure  12.

The contents of Sr and Ca in marine barite show an increase with

temperature, and reflect increases of barite solubility relative to the
substituent and members. Celestite (SrSOU) increases its  solubility and
anhydrite (CaSO4) decreases  its  solubility with  temperature relative to
barite. Thus while  the calculated and observed  conpositions for Sr and
Ca display covariant temperature variations, artificial marine  barites

as a whole display substitution factors of five and ten times less than
calculated ideally. Specifically, Sr concentration approximates that
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60
Figure  12.  Co~position of Sr and Ca calculated for ideal marine barites
and observed in synthetic marine  barites with  temperature.
observed  naturally (20 mole % at 3°Cvs 1.0 mole % naturally), while
the Ca levels are still an order of magnitude greatep. than natural
marine  barites (1.2 mole %at 3OC vs 0.01-0.1 mole % natural range).
PotassLum shows decreased  substitution with  temperature, and at 3OC is

several factors higher ~ than observed in natural barites. Synthetic
as well as natural marine  barites seem to form with less Sr, Ca, and K
than calculated for ideal solie  solutions.

A third means to evaluate com90sition of ~arine  barite from cation

substitution is by digestion. Church  (1970) equilibriated a pure barite
and an artificial one enriched by Sr, Ca, and [, in surface  Pacific sea
water at 3°C for 17 months (Fig.  13). Strontium undergoes  reje.ction fr01'1

the enriched barite at about 40 ppm/day which vyields a steady value
of 1.7 + 0O.3~~, agreeing  reasonably well with the Sr levels found in

natural marine  barite. CalcLum levels for the two barites converge.
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to 1060 ppm in about three years which agrees reasonably with

linearly

the upper Limi ts observed naturally (100-1000  ppm).  Potassium  behaves
similarly, converr,ing to 580 ppm in 55 months whLch agrees well with the
K content  of natural marine  barites. Thus, barite is capable of under-
going exchange of homologous substituent cations  vlith sea Hater over
measurable  and geologically short periods of time under natural deep-sea
temperatures. Such equilibriated compositions resellble  natural marine
barites whose composition, too, may be surface  controlled.
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Thermodynamic  Functions of Marine Barite  Solid Solutions

The distribution function defined  previously (equation 1) has a
thermodynamic basis. Its ideal approximation fails to predict the
empirical co~position of marine barite  because of the non-ideal nature
of Sr, Ca, and K substitution in marine  barite. In fact. the ideal and
observed distribution coefficients can be related theotetlcal Ly
(Uclntire, 1963) in a form that partitions ideal and non-ideal thermo-
dynamic  terms. Such an expression for the actual (observed) distribution
coefficient Dobs for BC substituting in a crystal host AC is

~CIXAC Kd(AC)

I~C/HAC ~ Kd(BC) [f\‘g] exp (-6W/RT) 2
(CY () ©
where
X and Il are the concentrations with  activity coefficients for

A and r in the solid and liquid respectively.

Three parts are apparent:

(@) The ratio  of solubilities of the pure solid end members of the
mixture; the ideal  approximation to distribution (Do).

(b) The ratio of the total interactions in  solution for the component
ions;  the non-ideal term for components in the liquid phase.

(c) The free energy change associated with  introducintg a foreign ion
into a real lattice; the non-ideal term for the solute  component in

the solid  solution p~ase.

The effects in term (b) largely cancel due to the chemical similarity of
the substituent jons in solution. This leaves term (c) as the non-ideal
expression for a solid solution. Thus, if the actual composition of the
solid is known, the solute activity coefficient in the solid (AZ) and
the non-ideal free energy of solution (6p2) can be calculated as
—IEZ)g— 3)
ohs
and

Thus values of A2 greater than unity, and positive values of 6u are
measures of the rejection of a substituent from a real solid solution

relative to an ideal one.
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Also since the distribution coefficients are expressed in thermo-

dynamic forms which have as a basis temperature functions, they  should
obey log linearity with  reciprocal absolute temperature consistent with
the Gibbs-Helmholtz equation.

The molal free energy of non-ideal mixing, ny, should also be a

function of temperature described by the equation of definition
(5)

where 6E}1 and nSM are the molal enthalpy and entropy of non-ideal mixing
Hhich can be calculated from this linear function.

Using the previous theory and data cited for substitution properties
of marine barite, Church  (1970) evaluated  the thermodynamic  behavior  for
the substituents Sr, Ca, and K in (1) artificial marine  barites precipitated
synthetically from sea water (O-SOOC); (2) barites which  have digested
in sea water (3jC); and (3) a natural marine  barite  whose pore water
was analyzed.

Distribution coefficients for these marine barite types are summarized
and plotted in Figure 14 as pD versus  T(oK)-l. Linearity suggests  a real
and thermodynamic basis for atomic  substitution of Sr and Ca cations into
marine  barite. The ideal and observed separation of the two lines
represent the non-ideal terms Ay and np2) for substitution. The larger
and more positive terms for Ca relative to Sr represent greater  exclusion
of Ca. This would be predicted also on the basis of ion size dissillilarity.

The absolute  values for the observed distribution coefficients in
martne barite are anomalously Low when compared to distribution
coefficients found in the literature (Starke, 1964) extrapolated to the
barite saturated, molal  ratios of Sr and Ca to Ba in sea water at 23°C
(Church,  1970).  Thus marine barites seem to exclude Sr and Ca even
compared to barites precipitated from simpler  or less concentrated ionic
solutions either in the laboratory or on land. A clue to this discrepancy
may be in recognizing that marine  barites are precipitating in large
anion  (sulfate) excess  systems. Cambell and Nancollas (1969) have sho.m
that the rate of barite precipitation is not only a function of super-
saturation, but of the relative proportions of barium and sulfate ions
as well. Excess sulfate sys terns retard the rate of barite.  precipitation,

and follow  second order kinetics which Nielson ~ (1964) attributes to a
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Figure 14. Tne negative logarithm of the distribution coefficient (pD)
versus  reciprocal temperature for Sr and Ca in ideal Tlarine barites
and observed in synthetic ones.
sur face+gr owth rate limiting step. Thus ionic ratios  of barium and sulfate
and/or a surface  ~echanism of substitution might be important factors
which  explain  the purity of marine barite.
When plots are made of ~u versus temperature, a predicted linearity

is observed (Fig. 15). The non-ideal enthalpy and entropy of mixing for

Sr and Ca are also noted showing the greater energy involved for Ca

substitution. lfuen Sr substitutes into  marine  barite, the process is
nearly  isoenthalpic with a minimum of lattice distortion. Host of the
free energy of substitution is involved in a small entropy decrease
required for accommodaticn in the host structure. The requirement of

a finite entropy  of non-ideal substitution shows that marine barite does
not in fact form a regular (syrunetric) solid  solution with  strontium
(Ranor,  1969). CalciuTl  substitution appears to result in greater lattice
distortions during  substitution as was apparent in the large unit cell
contractions of the high calcium marine barite precipitates in Figure 9.
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Figure 15. Free energy of non-i.deal mixing anc temperature for  synthetic
lllarine  barites.
Thermodynamic ~ Conclusions
I'~arine barite, as a thermodynamic precipitate of sea water. is a
solid  which not only discriminates against  chelllical contamination by solid
solution with  other  species, but also whose degree of non-ideal substitution
depends on the size of the contaminant ion. Potassium  in marine barite
precipitates or equilibriates with a composition nearly ideal. The
equilibriated strontium composition in  marine barites is less than
predicted on an ideal Dbasis. Calcium,  houever,  equilibriates with
difficulty to a composition which is an order of magnitude less than
ideally predicted. This order of distinction (K, Sr, Ca) is t~e order
of size similarity to the host, barium. Goldschmidt (1937) made the
fundamental proposition that the incorporation of ionic  substituents into
minerals depends on the similarity of the charge and size of the substituent
to the host ion. Harine  barites as a sea water precipitate appear to
adhere to this concept primarily on the basis of ion size.
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SUMMARY

Marine  barite is an authigenic precipitate of the sea and an
important constituent of the marine geochemistry of barium wuseful in
understanding marine  diagenesis and precipitation.

|larine  barite has often been recognized as a nicrocrystalline

mineral  of the ocean floor associated with  biological debris. Distinct
euhedral  crystals normally [-2um can comprise up to two percent of
sediments  underlying productive areas of the equatorial oceans, particularly
the eastern  Pacific. Barite's occurrence in deposits of biogenic pelagic
sediments  is correlated vlith  organic  carbon and cal cLum carbonate, and
the amount of barium conveyed by carbonate debris is sufficient for

the amounts of barite observed. Occasionally large  (25-100pm) barite
panes are found in wunusual deep-sea deposits characterized by altered
volcanic debris  (palygorskite) or manganiferrous phases.

Barite is found ubiquitously suspended in the ocean water column
and appears to comprise the bulk of suspended barium phases. In  both
the water column and sediments, it is proposed that pelagic marine barite
results from the concentration of barium in the marine biological cycle.
1larine barite subsequently precipitates after  degradation of biogenic

organic phases and release of barium ion to sulfate rich  micro-environments.

In the water column, replacement of celestite tests of Acantharia (a
planktonic order of foraminifera) may be an important precursor mechanism.
It appears the flux of barite in the water column could contribute about
half of the sedimentary barite. The remainder of marine barite appears
to grow subsequently in surface  sediments  after  burial as a consequence
of further organic  degradation in the initial 20-50 thousand years. In
rarer deep sea or coastal  environments, barite can form by other means
such as barium release  during volcanic alteration or ion exchange of
barium  during marine incursions of previously fresh  aquatic  environments
organically enriched  in barium.

Chemically, rlarine barites are quite pure with about a mole percent
of strontium uhich is in solid solution from unit cell contraction X-ray
data. The isotopes of Sr in barite are indistinguishable from those in

sea water, Calcium and potassium range 100-1000 ppm, and from thermo-
dynamic data may also be in solid solution. Rare earths and thorium  are

relatively concentrated in marine  barites up to 100 PPL!, considerably
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more for marine barite  which distinguishes from barites found on land.

Sulfur  and oxygen isotopes in marine  barites approximate those for sea

water sulfate, or slightly enriched in the O16 under reducing conditions.
Borderland marine  barites, bowever, are distinct with  heavy sulfate
residuals after  bacterial reduction. Natural thorium  radionuclides show

from 230Th excesses that pelaglc marne baftes are fOriDing at rates
similar to their  bulk sediments, and from 228Th excesses that the radium
daughter  is being rapidly exchanged for barium on the order of years.

The constant high 226Ra/Ba ratios also suggest the rapid exchange of

radium by barite over thousands  of vyears. The 2I0pb daughter  of the
uranium  series is about 90% deficient probably due to 222Rn gas loss
from the bulk 2-4u microcrystals. A similar loss of 4He restricts

barites from being used for U-He chronology.
Saturation of sea water by marine barite is about 50pg/kg in the

deep sea, and barite bearing  sediments  appear to be largely saturated at

these levels. Barite in open sea water is at least a factor tHO under-
saturated, suggesting suspended  particulate barite must be forfling in

restricted bio-environments and not at equilibrium. In fact mass flux
calculations show the increases of dissolved barium with  depth in the

ocean must be equally contributed by in situ dissolution of barite and
release  from remineralized biological debris. Estuarine regimes  and

organic rich  siliceous pore wat ers often appear to be supersaturated.

Thus, kinetic and organic  surface  effects can prevent  formation of

marine  barites under  conditions thermodynamically favorable for its
formation.

Synthetic and calculated ideal  marine  barites should be more
enriched in K, Sr, and Ca than observed. This is the order of decreasing
size  similarity to barium, increasing free energies  of non-ideal
substitution, and degree of increasing the  solubility of a substituted
marine  barite. Thus, natural marin e barites are largely non-ideal in
their  purity and as a slowly forming  precipitates of the deep-sea
exhibit remarkable properties of crystallographic ion  exclusion.
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Chapter 8
MINERALOGY of EVAPORITES

William T. Holser

INTRODUCTION

The purpose of this chapter is to introduce briefly the chemistry

and physics of seawater and its derivative brines, past and present, to
summarize  the mineralogical features of the evaporite facies, and to
discuss  the processes  of crystallization that are important in  generating
them. In this limited space it is wuseful to emphasize the most common
evaporite facies--calcium sulfate and halite--and consider in less detail
the interesting but complex potash-magnesia facies, which is discussed in
a variety of textbooks.

Additional chapters  would be required to even outline the variety of
geological settings in which  evaporites are found today and have occurred
in the past, and to review the controversies about their interpretations.

However, it might be well at the outset to state,  without documentation,
a catholic but critical viewpoint as a context for the following discus-

sions  of mineralogy and geochemistry.

(1)  Evaporites have been generated in a variety of physical
situations: (@) coastal intertidal and supratidal zones,

called  sabkhas, (b) small lagoons on coasts and atolls,

(c) large deep-water marine  basins, (d) sub-sealevel
basins with marine inflow, and (e) non-marine interior
basins.

(2) The paleogeographic and tectonic settings for these physical
situations are also of a wide spectrum: (@) continental
margins and shelves, (b) interior cratonic basins, both
shallow and deep, and (c) rifted continental margins.

(3) The generation of evaporites in these media has been per-
vasive in place and time: (@ nearly all sedimentary basins
have some evaporites in the section, (b) nearly all periods
of the past bilion years have had some evaporites, (c) this
distributionéof evaporites spread wide in space and time has
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been quantitatively very irregular--for example, huge amounts

on several continents in the Devonian and Permian and insig-

nificant and very localized deposition in the present time.

A word about the background of this  work. The first version of
Chapters 8 and 9 was essentially completed as a research report  for  Chevron

Oil Field Research Company in 1970, and was revised in 1975 and again in

1979. | am grateful to the Standard Oil Company of California, and to

Dr.  William J. Plumley, for past encouragement and support in evaporite
research, and for permission to publish these  summaries. They draw heavilo/
not only from my own work and that in the literature, but also from the
extensive data and discussions provided by my colleagues in the corporation.

COMPOSITION OF SEAWATER

Today's  Seawater

At the present time the main bodies of water in the oceans are very

well  mixed with respect to most components. The first list  of ions in
Table 1, which represents the major components, is constant in ratio

(within analytical error) throughout the oceans of the world (Culkin, 1965).
The actual total concentration of ions varies by 2 or 3%00 (parts  per

thousand or per mil) around the central average figure of 35.0%0  weight
salinity, through  slight concentration by evaporation of water or dilution

by the inflow  of water.

The principal driving force  for mixing of the oceans at the present
time is Antarctic polar  water,  slightly more dense by virtue of its low
temperature, that drops down and flows northward, where it rises again to
be heated. This process  presently mixes the oceans on a time scale of less
than a thousand vyears. This time is very short compared to the millions of

years  required to change most ions in seawater by input and output.

The trace  constituents of modern seawater  (Goldberg, 1965) are divided
in Table 1into those that are relatively constant throughout the sea, and
those with  evident  variations. Only eight of these are present in concen-
trations greater than one part in 100 million. In a general way, most of
the precipitation of minerals in evaporites is controlled by the main
elements, whereas many of the minor elements are important in tracing
geochemical processes. So while  extremely small traces of practically
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TABLE 1. COMPOSITION OF MODERN SEAWATER*

[Ep— T._ St bUL Ghag  HRy Hesidencr:? 7ime>) =
Na+ 10.77 11.06 1.9 x 10'
1.30 1.34 1.4 x 107
ca’+ 0.409 0.420 1.2 x 10'
0.388 0.398 8.2 x 10
19.37 19.89 3.1 x 10'
2.71 2.78 22 x 107
Constant Ninor ppm" iat ¥ Residence Time"
Constituents (mg/kg soln! Yre .
Br 65 Very long
Sr 8.0 5 x 10'
4.5 1.6 x 107
F 1.3
Ar 0.6
Li 0.17 2.0 x 107
Rb 0.12 2.7 x 10
0.06
Al 0.01 100
B 0.01 140
Zn 0.01
Mo 0.01 1.4 x 10
Reeidence
conet i.ruewze ‘aeon  ppm Range"  ppm Paramezere
c 26 10-50 Temp blolL 8.8 x 10'
N 13 Biol 1.2 x 10
0 0-10 Biol
Si 3.0 0-4.0 Biol 1.6 x 10'
0.07 0.001-0.1 Biol
Ba 0.02 0.01-0.08 Pcptn ? 1.7 x 10
* Compiled from ‘vedepohL (1969-1978), Garrels. ~lackenzie. and Hunt (1975). and

Goldberg (1965).
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any element may be found in seawater  (including gold!), most elements

beyond those in the table are very difficult to detect, much less to use
in any way.

In terms of ordinary inorganic chemistry, seawater is not only
relatively complex in its  composition, as mentioned  above, but it is
relatively concentrated. This is important in the way that it affects
the processes of interaction among the ions, including the process  of
precipitation. As brines  become more concentrated during  evaporation,
deviations from ideal chemical  behavior  become greater. Only recently has
it been fully appreciated that even in ordinary seawater, the constituents

are not tied up in the simple manner given in the list of Table 1 and in
most  textbooks. This list of simple ions is a bit of fiction used by

chemical  analysts to express the amount of each element that has been

determined in the solution. The real situation in ordinary seawater is
shown in Table 2, after Garrels and Thompson (1962). Here we see that
while  Nat+ and K+ represent accurately the ionic state of these elements
in  seawater, a significant fraction of Ca (8%) and an eveR larger frac-
tlon of Mg (10%) are present not as Caz+ and Mg2+ ,but as (CaSO4) 0 and
(MgSO4)0 un-ionized pairs. When we look at the "anions,” such associa-
tions are even more important. While  Cl- characterizes practically all
of the chlorine, half  of the sulfate is divided between Mg- and Na-anion
pairs. Thirty percent  of the bicarbonate and 90 percent of the carbonate
ions are also associated in this  way.
Table 2. Distribution of Major Dissolved Species in Representative Seawater of
Chlorinity 19%0, pH 8.1, at 25;C and One.Atmosphere Total Pressure (Garrels
and Thompson, 1962)
Mol ali ty % Me-504 % Me-HCO03 % Me-C03
~ (Total) % Free lon Pair Pair Pair
Cat+ 0.0104 91 8 1 0.2
Mg++ 0.0540 87 1 1 03
Na 0.4752 99 12 0.01
K+ 0.0100 99
Molality % Ca-anion Mg-anion % Na-anion % K-anion
l_on_ (Total) % Free lon Pair p~ Pair ~
50:;- 0.0284 54 21. 5 21 0.5
HCO, 0.00238 69 19 8
Coy ,0.000269 67 17
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In general as seawater  concentrates during  evaporation, the importance

of these un-ionized pairs  increases, and even larger complexes are also
formed. A qualitative appreciation of these associations makes it easier
to understand some of the wide variations in  solubility that occur as
evaporation proceeds. Even at ordinary concentrations, half  of the sul-
fate in seawater is tied up with Mg and Na, and therefore is not so easily
available to precipitate with  Ca as gypsum or anhydrite. This effect
competes with  the rising concentrations to give the peculiar and important
variation of solubility of the calcium sulfate minerals ~ with  seawater  con-
centration, which  will  be discussed  below'.

Cycles of Elements in the Sea

While seawater is presently rather ~ well mixed and of constant  compo-

sition, in the long view this situation is really a dynamic balance. The
balance  of input against output of an element is important (1) to under-
stand why seawater has the particular composition that it does have, and
(2) to see on what time scale particular ions could possibly vary in con-
centration.

The dynamic situation concerning a particular ion is most succinctly

expressed as its residence time in the sea (Goldberg, 1965). The residence

time of an element is a measure of how long a given atom of that element

might be expected to stay in the sea, between the time that it flowed in

from a river and time th~ it was removed from the sea. Residence  time

is a vague idea, because it presumes an equilibrium (in an essentially

dynamic  situation) in which the inflow of an element over a geological

interval is equaled by output from the sea. To the extent that dynamic

equilibrium is real, the situation might be stated this way: Removal

processes  increase  with  concentration, and the concentration is built up

by inflow to the point where the element is removed as fast as it is added.

Things  really may not be that constant, and in fact they probably are not,

but residence time is still a convenient measure for comparing the sta-

bility of the concentrations of various jons in seawater. On the above

assumptions, residence time has wusually been calculated as:

Residence  time =. (mass of the element in the sea) [
(net mass dellvered to the sea by the rlvers per year)
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Table 3. Mean Composition ~ World Rivers,  ppm (Livingston, 1963)

Na+ - 63 5042' - 11

Mg2+ - 41 HCo; - 58

ca?+ - 15 Nog - 1

K+ - 23 sio,, - 13

Cl - 7.8
The "net" mass is the total river  inflow  corrected for the ‘“cyclic" salts
that  the rivers derive  from the atmospheric residues of sea spray. The
residence times  of various elements  in today's seawater  are indicated in

the  righthand column of Table 1. Table 3, taken from Livingston (1963)

gives the mean composition of dissolved inflow  from rivers in the various
continents, and a weighted mean for the world. There are several  important
aspects  of this table. Mean river  water is dominantly a calcium  bicar-

bonate  water, although both magnesium and sulfate are very important.

By contrast, seawater is a sodium chloride water  with  important amounts
of magnesium and sulfate. Furthermore, the K/Na ratio in river water s
several  times higher than that in seawater. The second thing to realize

about the table is that although it is stated as a mean, it is strongly
dependent  on certain very large rivers that may represent very  special
situations, and therefore inflow  may vary substantially with  both time and
place.

The traditional geochemical viewpoint that emphasized inflow input

to the ocean from dissolved components in river water has not been en-

tirely successful in  explaining the oceanic budgets of some elements.
Recent work has focussed  attention on interactions of ocean water with
newly generated mid-ocean  ridges, both  through  thermally induced  systems
of hydrothermal circulation, and through  direct low-temperature weathering
of the new basalt. Such interactions have been postulated to account for
inputs  of silica, calcium  and metals, and output of magnesium, that are
important relative to the river  flux. Some estimates are given by Wolery
and Sleep (1976); additional recent literature is too extensive to be
listed here.
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The processes by which elements are removed from the ocean are
mainly: (1) precipitation, (2) evaporation, (3) participation in  bio-
logical processes. An obvious example of the first process is the in-
organic  precipitation of calcium  (and magnesium)  carbonate, which is
approximately saturated in present  surface  seawater. = With extensive
evaporation, calcium  sulfate, sodium  chloride and potassium  minerals
are precipitated. The importance of these processes in regulating the
total  amount of these elements in the ocean is not often appreciated. But
other elements are also constantly being removed from seawater by precipi-
tation. Manganese, zinc, cobalt and copper are all incorporated into  the
manganese nodules that cover large areas of the ocean floor (see Chapter 1,
this  volume). Other elements may engage in exchange equilibria with
minerals on the sea floor: Potassium  and boron may enter into clay
minerals, magnesium into  chlorite, and calcium into  phillipsite. Some
elements  partition into  solid  solution, such as strontium in calcium
carbonate  and calcium  sulfate minerals, bromide in halite, and rubidium
in carnallite; these will  be discussed in  detail later.

Biological processes  are extremely important in removing  materials
from the ocean, leading to wide variations in the amount of these con-
stituents, depending  upon the local biological situation. The elements
shown in the third part of Table 2 are nutrients, particularly for the
phytoplankton that make up most of the primary organic  production in sea-
water. Typically, the nutrients are taken wup by organic matter in the
zone, and then sink into deep water. Most of such material

surface  photic
is regenerated to the ocean by oxidation of the dead organic matter,  which

results in strong local variations of phosphate, nitrate, silica, etc.
However, some of the organic matter is retained in deep-sea anoxic  sedi-
ments, and the nutrients are thereby fixed in the sediments and removed
from seawater. Other elements, such as barium and strontium, may be
precipitated by certain organisms, and find their way to the sea bottom
if they are protected by the organic  matter. One of the main constituents
of seawater, sulfate, also is profoundly affected by biological processes.
It is removed into muds as sulfide by sulfur-reducing bacteria. As will
be shown presently, this may have led to wide variations in the sulfate
content  of seawater during  geological time.
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Al of these processes lead 4&to a balance of some kind between input

of elements to the sea and output from the sea, with a long time-scale for
some elements and a very short time-scale for  others. In  general, we may
expect the former to have relatively constant compositions with  time,
while  the latter (such as organic  nutrients) may vary widely in both
time and place. In the following section  we will  examine the actual
evidence as to whether the main and trace constituents that have long
residence times did change very much during geological time.
Evidence for a Relatively Constant ~ Composition of Ancient Seawater

A seawater  constant in the composition of its main elements is not
just a plausible assumption; we actually have quite a bit of evidence
that most elements have remained relatively constant during at least the
Phanerozoic. A constant composition for the starting material will  be a
big help in considering the chemistry and mineralogy of marine  evaporites

of all ages.

The best and most generally accepted model for the origin of the sea

itself, while  not direct evidence, at least provides a conceptual model
to make such constancy  plausible. In a presidential address to the
Geological Society  of America that has become one of the classics of
modern  geochemistry, W. W. Rubey (1951) restated a general  geochemical

balance to prove that weathering of primary  igneous rocks could not ac-
count for certain elements in the combined product of sedimentary rocks,
ocean, and atmosphere. These elements, which  he called the "excess
volatiles," are now found mostly in the ocean and atmosphere: Hy0, COy,
S, N, Cl, A, F B, Br His  conclusion was that these elements  must

have come, not from the primary igneous rocks, but as new or ‘juvenile"

degassing  of the earth's mantle via gases, hot springs, and other vol-
canic  activity. This does not mean that all volcanic gases are juvenile;
indeed, only a very small fraction need be (the rest being recycled
through  the burial of old waters and sediments), and we have not yet
succeeded in definitely measuring  this  juvenile fraction. But the idea
is a good one, and leads to two important conclusions: (1) We have no
reason to expect changes with  geological time of the proportions of
material added from the mantle, so not only the relative concentrations

of these elements in  seawater, but also their actual concentrations

218



relative to water (which is one of the things being added all the time),

should remain  constant. (2) The sea probably  built up during 4.5 billion
years of the Earth's history; consequently, the total volume of the sea
probably increased less than 10 percent during the mere half billion years
that we are talking about for known evaporites. If mantle degassing was
more important earlier in the Earth's history, an even smaller fraction

of the sea would have been added in the last half billion years.

A second good reason for thinking that the composition of seawater

has not changed with geological time is the constancy of the mineralogy

of evaporites, and the order in which these minerals form  (Holland, 1972).
Suppose that, at some time in the past, sulfate or carbonate  had been more
common than chloride in  seawater, just as it is more common today in some
playa lakes of interior basins. Then we might expect to find minerals

such as mirabilite (Na2504'1OH20) or trona (Na3(C03)(HCO3)'2H20) as the
common sodium-bearing mineral of the resulting evaporites, rather  than
halite. We do find sodium sulfates and carbonates in very large amounts
in the Tertiary and Recent lake beds of the Great Basin and Central Asia.
But we can look at cubic miles of evaporites of all ages and never find
traces of those minerals. The few places (very few before the Eocene,
surprisingly enough) where they are found, have other evidence labeling them
as non-marine in origin (Holser et al., 1979). The important minerals of
marine  evaporites are calcite and dolomite, gypsum and a-~ydrite, halite,
and certain potash-magnesia minerals, and both the minerals on that list
and their order of crystallization have remained constant since  the
earliest evaporites we can find, in the Proterozoic. The order of this
crystallization puts even stricter limits on the possible past variations

in seawater  of elements such as Ca2+. If CaZJr and/or  (S04) 2z had ever
been of much higher  concentration, then gypsum would have been a ubiquitous
companion of the carbonates at that time; if Ca had been of much smaller
concentration, then halite would have preceded calcium  sulfate in  precipi-
tation.

We have also uncovered a bit of rather direct evidence for the com-

position of ancient  seas. Many halite crystals have microscopic cavities
that trapped some of the brine from which they grew. In a few places such
halite has been recrystallized and the cavities coalesced until they are
large  enough to be extracted and analyzed. We did this some years ago
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Figure 1. Analyses  showing similarity of microscopic brine

inclusions in  Paleozoic halite to evaporation of modern sea-

water  (Holser, 1963).
(Holser, 1963) and found that most such trapped brines had ionic  ratios
just like those we find when evaporating modern seawater  (Fig. 1).  When
ancient ~ seawater is not so carefully protected within a crystal but left
to wander through the rocks, it undergoes a series of reactions that
substantially change its composition (see Fig. 1) before we get around
to analyzing it as a formation water. Nevertheless, it has proved pos-
sible  to understand the general  composition of formation waters  as
derived  from ancient  seawater, with  no correlation between age and com-
position (Chave, 1960; White, 1965).

Even some trace elements may not have varied much through  geological
time. The way in which trace elements reflect brine  composition will  be
discussed near the end of this review, but here it will be sufficient to
say that bromide, which has a very long residence time in the sea (Table
shows no regular  variation in basal halites of various  geological ages
(Fig. 2; a re-assessment by Herrmann et al. (1973) gives a similar
result).
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Isotopes act a lot like trace elements in their  distribution between

brine  and crystals. Sulfur  isotope  measurements  in sulfate minerals of
marine  evaporites of various ages do show a surprising variation (Holser
and Kaplan, 1966) which will be discussed  below. One reasonable inter-
pretation of this variation is in terms of a redistribution, at various
geological epochs, of the whole amount of sulfur  between three important
reservoirs: the sea, evaporites, and shales. On this basis | conclude
that the sulfate content in the Permian sea may have been as little as
75 percent of its present level, and in the mid-Paleozoic as much as 50
percent  higher  than at present. As we will  see, however, variations even

as large as this do not change the evaporite minerals or the order of

their facies.
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Figure 2. Bromide in the lowermost salt rock sections of various  basins,

as a measure of the Br/Cl ratio of ancient seawater. Data modified from
tabulation of KUhn (1969). The upper section indicates the range of
values expected from modern seawater, calculated from various  experimental
results.
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Table 4. MEASURESOF CONCENTRATION
TOTAL ~ SALTS
Salinity: Mass of all salts. in grams,
from 1 kg brine. dried to
constant weight at 480 C.
Standard seawater sw = 3500 0/00
(llper mil* = parts-per thousand).
Volume Salinity: Mass  of salts per liter of
brine. ~v = p -
Chlorinity: Mass  of chlorine equivalent to
all halides precipitated from
1 kg seawater. Standard
seawater Cl = 19.370/00.
Volume Ratio:
*Evaporation Ratio: Mass OfMa_gv%?for
INDIVIDUAL COMPONENTS
Concentration (solution): 9 component per  liter brine.
*Concentration (wt  solution): 9 component per kg brine.
*Parts per  milion (ppm): mg  component per kg brine.
*Concentration (solvent): 9 component per kg water.
*Molarity g-moles component per liter brine.
Molality g-moles component per kg water.
Normality; g-equivalents component per
liter brine (= molarity for
univalent components).
PURE NaCl  SOLUTION EQUIVALENT TO A BRINE
Depending on purpose may be equal to salinity, chlortntty,
density, vapor pressure, etc.
*Preferred measures.
PROPERTIES OF SEAWATERAND ITS BRINES
Measures  of Concentration
The "concentration" of seawater should be a pretty simple idea, but
a dozen different measures have been used for it, often with  confusion
and sometimes in error. Some of this variety is displayed in Table 4.
Total salts are often stated in terms of salinity, following the
lead of oceanographers. However, they did not have to deal with the
precipitation of large amounts of salt from the brine; when that happens
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Figure 3. Density and salinity of concentrated seawater  (Usiglio,

in Clark, 1924; Rothbaum, 1958).

during  evaporation, just about as much salt as water is removed. Now, if

we would like to say how much the brine has undergone this process of

concentration, rather ~ than what concentration has resulted, we need a
different measure. | like to use a concentration "seawater," that  should
properly be called the evaporation ratio. It is the weight of HZO (not
weight  of brine) in the original seawater, divided by the weight of HZO
in the resulting evaporated  brine. This  simplifies calculations involving
the essential process of removing water from the brine. The relation of
salinity to evaporation ratio is shown on the left side of Figure 3,
where it is evident that when evaporation goes on at a constant rate,
salinity rises  rapidly at first from its normal 35%co0, but then only

slowly beyond 300%0 as halite starts to drop out. Another  meaSure is
also often stated as "X seawater," but refers to the actual total volume
ratio of seawater and brine, and it therefore differs from the evaporation
ratio by also taking into account both the density of the brine and the

different amount of salts remaining  after  evaporation.
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An individual component  (e.g., calcium)  might best be stated in terms
of weight  concentration in the solution, as g/kg (kilograms of solution,

not just kilograms of water) or as ppm. Many analysts state  major concen-

trations in grams per liter. Minor  concentrations are usually stated in
"parts  per million," which if  unqualified should mean by weight. Watch
out, though, as you will sometimes  find that the analyst means milligrams
per liter, and he may not have even measured the density, which is neces-
sary to calculate weight  concentrations. The difference can be as much as
30 percent in concentrated brines.

Normality, or equivalents, are useful  for checking the ionic  balance
of a brine analysis; and molality, molarity or ionic  strength are impor-
tant for calculations in  physical chemistry.

In  geochemistry we often have to make use of data from synthetic
systems rather  than from natural materials. Seawater is a very complex
system, not often measured by the chemists, but on the other hand simple
sodium  chloride is one of their favorites. But one has to be careful in
applying data from sodium chloride solutions to seawater  solutions: Any

old measure won't do. For example, it is not correct to compare the

transition temperature, gypsum + anhydrite, as measured in NaCl solutions
and in seawater, at the same “chlorinity" as was done in one important
published paper. The comparison  must be made for two solutions having
equal value of the particular property that  controls the process of in-
terest. In the case of gypsum + anhydrite, the  controlling property is
not the amount of chloride, but the water vapor pressure. Consequently,
this  transformation is expected at the same temperature in  solutions of
the same water vapor pressure, not of the same chlorinity.

Density

The density  of seawater brines  rises  sharply  from the 1.03 g.cm-3 of
normal seawater to 1.29 at the beginning of halite deposition, then more
slowly to a maximum of 131 in the potash-magnesia facies, as shown on
the right side of Figure 3 (Usiglio, in  Clar~,1924).

The density of brines is most important for its  control over the
circulation pattern in evaporite basins. When evaporation has raised the
density  of a surface  brine  sufficiently to make it mechanically unstable,

the heavy concentrated brine  will overturn to a lower level (probably the

224



bottom), displacing the lighter brine  back towards the surface. The

threshold of mechanical instability that must be reached for this con-
vection event is a subtle  function of the viscosity and the thickness of
the brine. There is also a question as to whether the convection set up
by evaporation from the surface will  stabilize as a set of compatible

cells that are nearly equidimensional, as shown in Figure 4a, or as one

large  cell shown in Figure 4b. The former would be expected in a simple

symmetrical system, but either the asymmetry of continual infow  of new
seawater  from one side, or constant  wind-driven currents in either direc-
tion, or higher  evaporation in  shallows, would  probably modify  the pat-
tern towards the latter form (Briggs and Pollack, 1967). Another  un-

answered  question is. whether  convection would be expected to be periodic,

perhaps  after a certain amount of evaporation, or whether it would be
continuous, everything else being constant. Can layers  of distinct brine
concentration result from  certain convection situations, or will a con-

vection always reach the bottom to make a uniformly dense column?  And

what about the velocity of the overturn: Can it generate  density currents
SYMMETRIC EVAPORATION
@
ASYMMETRIC EVAPORATION
ASYMMETRIC ASYMMETRIC

i 1
N

(b)
Figure 4. Types of evaporation-density convection in an evaporite basin.
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of sufficient strength to move precipitated sediments  across the bottom

of deep basins? Actually, we know less about circulation patterns than
about  anything else in evaporite basins. Some aspects  of circulation
have been considered by Brongersma-Sanders and Groen (1970).

There are other aspects of circulation in which the density of brines
can be overwhelmingly important. If the formations beneath  the evaporite
brine  are sufficiently permeable, or if (as in a sabkha environment) brine
depth is insignificant, then overturn and convective displacement may
extend into these sediments as well, although ~ with a much greater friction
involved. A similar circulation of dense brines into  sedimentary forma-

tions has been postulated by Bloch and Picard (1970) to be active in the

erosion  of salt domes. Whether such downward migration of brines  will
take place depends largely on the characteristics of the sediment. Prac-
tical experience with  artificial brine  ponds has demonstrated that  once

~ few inches of halite has grown uniformly over the smooth bottom surface
of one of these ponds, brine losses are negligible. On the other hand,
subsurface brine  storage has been calculated to be an important factor
in the salt budget of some natural salt lakes where it has been studied
(Langbein, 1961; Eardley, 1970).

Dense brines will also flow outward through permeable sides of the

basin;  this is probably an important method of reflux that also accounts

for  dolomitization of the barrier rock, as postulated by Adams and Rhoades
(1960) and later  calculated for a practical case by Deffeyes et al. (1965).
In this  connection the head driving such reflux flow depends not only on

the densities of the columns in the basin and in the neighboring sea,

but also on the relative level  of their  surfaces: If the basin is at a

sufficiently lower level the flow may stop or even reverse and flow inward
through  the barrier. For example, even a brine precipitating halite with

a density of 1.3 can maintain a reflux flow through  the barrier only if

its surface is not more than 30 percent (of its depth) below the sea

surface. Whether such flow is significant either into or out of an
evaporite basin is an interesting question. K. S. Hsu (personal com-
munication, 1972) has calculated that if the Mediterranean Sea were cut
off from the Atlantic Ocean at the Straits of Gibralter, as he asserts
happened in Miocene times, then flow through the surrounding rocks  even
with a permeability as high as a Darcy, «could not feed in Atlantic Ocean
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water fast enough to keep up with the evaporation in the Mediterranean
basin. Maiklen (1971) has postulated that  evaporation was sufficient

on the Middle Devonian Elk Point Basin to draw the surface of the basin
down far below sealevel; he did not consider the contribution of flow
in either direction through  the barrier reef.

Density  layering of brines  has overwhelming consequences  for the
organic cycle of the basin. With even moderate  concentrations of brine
that prevent  convection for an appreciable time, the bottom brine  will
be highly deficient in oxygen, which will tend to both accumulate and
preserve organic  remains and sulfides. And as the density of the deep
brines  rises above 1.29, the organic  material drifting down from organic

Table 5. Density Changes in Brines at 20jC

Changein density with:
Concentration Temper-azure Depth _(Pressure)
[~8 y iC-1(a) “eaJ . M-

Concentration, C d ed ct

(times  seawater) (dimensionZess)

(Pure  water] -22 x to-Sib) 49 x 10-7 (b)
1.0 26 x 10-'(b) -27 (b) 46 (b)
3.5 25 © -40 © 43 ()
11 1.1 (e) no data 30 (d)
63 0.4 (e) no data no data

(a) With decreasing temperature, and with no precipitation during temperature
change.

(b) International Critical Tables 3, 100 (1928).

(c) Hara, Ryoaabu'ro , Nakamura, and Higashi (1931); Eabuss, Korosi and Hug (1966).
(d) Holser (unpublished).
(e) Usiglio, in CLa'rke (1924, p. 220). See Fig. 7-3 of this report.
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production near the surface will not even sink to the bottom, but will
accumulate as an interbrine layer.

In the ocean and in most lakes, the main driving force  for convection
is the change of density due to temperature changes, while  concentration
by evaporation is only a local modifying factor. By contrast, if a brine
is concentrated sufficiently to deposit  even gypsum, its increase in  den-

sity is very much greater than would ever happen with even the greatest

range of temperature. The two effects, as contrasted in Table 5, usually
oppose one another because the brine will  ordinarily be heating up at the
same time it is evaporating. A change of temperature as great as 5{C would
change the density only 10 percent as much as a change of concentration from

say 3X to 4X seawater.

The effect of pressure  on density wil be less important for even the
deepest  evaporite basins  with which we have to deal For example, each
100 m of depth increases the density of Xl seawater as much as lowering
the temperature by less than 2jC, and the effect of pressure is even less

at high salinities, as shown in the last column of Table 5.

Vapor Pressure

The pressure of water vapor over solutions decreases  with  increasing
concentration, approximately in  proportion to the increase in density  of
the  solution. Figure 5 shows the measured decrease at various temperatures;
because of this relation, vapor pressure  will  mirror density in  Figure 3.
The vapor pressure rises  sharply  with  temperature,as does also the rate of
decrease  (8p/8C),with increasing concentration.

The primary  importance of vapor pressure is its  control of the rate
of evaporation (Myers and Bonython, 1958). Aerodynamically, evaporation
rate is a product of wind velocity and the difference of water vapor

pressure between that in the main mass of ar and that near the surface

of the brine. In looking at Figure 5, it is therefore evident  that not
only will  evaporation decrease as the brine  concentration increases, but

at high  concentrations it could easily reach the point where it equals the
water content  of the air itself, so that evaporation stops  altogether. For
example,  Figure 5 indicates tha~ if the water vapor pressure of the air was
13 mm Hg, evaporation of brine at 20ijC would not continue beyond the point
where halite began to precipitate. Compared to the water vapor pressure
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over pure water at the same temperature, this  level is usually expressed  as
a relative humidity of 75 percent. The above is only an immediate view of
the mechanism of evaporation. Actually for the large bodies of brine with

which we are mostly concerned, the air humidity is  determined to a great
extent by the evaporation rate  in the surrounding region. The overall
process depends on the energy balance between heat input from the sun,

the heat used in evaporation itself, and the re-radiation (itself a strong
function of water temperature) (Kohler and Parmele,  1967). Consequently,

we might expect that in an evaporite basin whose climate  was controlled

by marine air would have less tendency toward higher  evaporite facies,
perhaps even being restricted to the calcium sulfate facies (Kinsman,  1976).
Probably  for this reason an evaporite formed in the middle of a continent
along a rift zone is more likely to evaporate  seawater to the highest level

of the potash-magnesia facies, as is evident in the occurrence of
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tachyhydrite (CaMg2015‘12H20) in the Cretaceous rift evaporites of Brazil/
Congo (Wardlaw,  1972).

Other  Properties of Brines

Concentrated brines  have a substantially lower heat capacity and
slightly lower thermal  conductivity than seawater  (Kellogg Co., 1965).
They are also less transparent to light so that 10 cm of brine  absorbs
most of the solar energy (Garrett, 1966). For both of these reasons, in-
coming solar  radiation raises  the temperature of brines  much faster  th~n
it ‘'does seawater, particularly if the brine is overlain by a layer of
fresh water that is more transparent in the ultraviolet but still absorp-
tive in the far infrared ("greenhouse effect") (Hude and Sonnenfeld, 1974).
Temperature cycles of up to 10jC between day and night become possible in
brines only a few centimeters deep, with  consequent  variations of vapor

pressure (Fig. 5) and evaporation.

The viscosity of brines  increases rather  strongly with  an increase
in  concentration (Meleshko, 1959). By the time a brine has been concen-
trated  sufficiently to precipitate minerals in the potash-magnesia facies,

it is not only dense but syrupy in consistency.

IMPORTANT EVAPORITE MINERALS

Evaporites have a distinct and characteristic mineralogy, and this
mineralogy is probably the most important characteristic in the study of
their ~ geochemistry, origin, and geological setting. It is usualy more

important to know that a rock contains sylvite than merely that it contains

traces  of potassium, or to know whether the chlorine obtained by chemical
analysis is present as original halite or as brine in microscopic fluid

inclusions. This  section lists most of the minerals that will  be encoun-
tered in evaporite rocks. The characteristics of these minerals that are
most  pertinent to the geochemical discussion, such as chemical  composition
and density, are given. This is a minimum basis for the reviews of depo-
sition, and trace element and isotope  chemistry of these minerals. Here,
an attempt is made to describe the minerals in a practical way that com-
bines downhole logs and visual field observation with  whatever  laboratory

methods may be necessary to make a final determination. The methods used
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for identification are given in a rough orner of complexity and acces-

sibility. In this  respect, while  x-ray diffraction is nearly always the
really definitive characteristic, in most cases an x-ray laboratory
analysis will only be necessary to confirm a mineral determination now
and then during work on a given evaporite sequence.

More complete  tables listing all the physical and chemical  character-
istics of evaporite minerals are available elsewhere, such as in Braitsch

(1971, p. 8-15) or Borchert and Muir (1964, p. 4-7). Logging is described
in detail by Nurmi  (1978).

No attempt is made in this review to describe all  the textural fea-
tures  of evaporite minerals. In anticipation of a fundamental fact to be
discussed further on, the minerals are listed here in the order of marine
evaporite chemical  facies. As emphasized below, minerals of one facies
may also be found in facies of succeedingly higher  evaporation stage. In
line with this  viewpoint, the list  begins with a group of minerals that

are for the most part introduced from outside  the evaporite basin as de-
trital constituents. They might therefore be considered accessory  minerals
in  evaporites, but in practice will  be found in all proportions with  pure
evaporite minerals.

The following abbreviations and conventions are adopted for this
listing: p is density in g'cm-3, V is acoustic velocity in ft/sec, H is
Mohs' hardness, n, W, £ a, S, yare indices of refraction, and main x-ray
diffraction lines are denoted by a-spacing in Angstroms  followed by inten-

sity (on a scale of 100) and Miller indices.
Silicates

Clay-size minerals, mainly  silicates, are often an important component
of evaporite sections, where they may occur as thick beds of "salt-clay"
or shale, as thin layers separating laminations of evaporite minerals, or
dispersed between the crystals in  evaporite beds. KUhn (1968, p. 481-487)
has summarized the moderate amount of literature on clay minerals in the
Zechstein deposits; the only other extensive study is that of Jones (1965)
on the Wellington Formation of Kansas.

Clay-size minerals in  evaporites may be considered under three headings:
(1) authigenic minerals crystallized from  solution in the evaporite basin;
(2) "semisalinar" minerals formed by reaction between incoming  detrital

minerals and the concentrated brines  of the evaporite basin; and (3) purely
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detrital components. Considering the last one first, detrital contributions
to an evaporite sequence are somewhat limited by two factors. Firstly,

many evaporites, particularly salts, accumulate at such a high rate that
normal  inflows of clastic minerals are highly  diluted by the salts them-
selves. Secondly, the very conditions of evaporite geography  severely

limit river inflow, which  otherwise would  dilute the basin below the con-

centrations necessary for  evaporite precipitation. In some evaporites,

there is evidence  suggesting that  practically the only clastic material is
the wind-blown dust that is also characteristic of many deep-sea  deposits.
Within ~ these limitations, practically any clastic minerals may be found in

small  amounts.

The usual small amount of clay minerals in  evaporites requires their
concentration for  study. Depending upon the method of obtaining insoluble
residues, fine-grained anhydrite and carbonates may constitute a large
fraction of the residue. Some detailed studies in the Zechstein and a
preliminary survey in the Prairie Evaporite of Alberta indicate that, at
least in some cases, insoluble clay residues  have significant variations
through a salt  section and are potentially useful  for correlation. In
addition, components  of such residues that are uniquely or dominantly a

product  of the evaporite environment may be used to infer the presence of

an evaporite in a sedimentary section  where it has since been removed by
solution. Such interpretations have not yet been practiced, but in view
of the important structural consequences of evaporite solution in a sedi-
mentary  section, they might well be pursued with profit in the future.
Some "clay" beds associated with  evaporites (German  Salzton) actually
include large  proportions of fine-grained but  soluble evaporite minerals

such as halite.

Quartz. Sioz. P = 265 V = 19,400. Hardness of seven distinguishes
it from nearly all other elements encountered in  evaporites. Insoluble.
In thin  section low birefringence (0.009) and low refractive index (W =

1.544) are characteristic.

In  evaporites rounded,  wind-transported grains are common; sandy beds
may be very widespread over an evaporite basin.

Authigenic quartz is often found (see also Chapter 3, this volume), and

evaporite conditions are apparently very favorable for its  formation.
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absence of evaporite minerals that may have been dissolved); talc, and

corrensite.

The most common clay minerals in  evaporites are muscovite IMd  (illite),
mixed-layer clays  (including the one-to-one regular alternation of chlorite
and vermiculite layers  known as corrensite), chlorite group  minerals, talc,
and the clay-like magnesium-aluminum hydroxychloride koenenite. Montmoril-
lonite is less common, and where it does occur, volcanic input  should be

suspected (see also Chapter 5, this volume).

Origins of clay minerals range from purely  clastic to purely  authi-

genic but an appreciable part  probably results from reactions between an
input  of clay material and the brine  constituents, particularly magnesium.
This  implies that talc may be an indicator of the potash-magnesia facies

(Kolosov et al, 1969). A general review is given by Braitsch (1971, p.
230).

Carbonates

Both  detrital and locally precipitated or replacement carbonates are

common in evaporite regimes.

Calcite. CaCOS. P =271, v = 210000, H= 3  Where visible in
either hand specimen or thin  section, rhombohedral cleavage  distinguishes
the calcite group from other minerals. Easy solubility in IN HCl with
effervescence, is characteristic, but depends strongly on the temperature,
grain  size and porosity of the sample, and effervescence of a small amount
of calcite may obscure identification of major amounts of other minerals
with  which it is commonly associated, such as dolomite, clays, or anhy-
drite. The Mg/Ca ratio  of acid-soluble carbonate can be determined by
atomic  absorpiton analysis or a small titration kit. Alternatively,
carbonates can be identified as a group, in thin  section, by their  cleavage,
refractive index  (calcite W = 1658, S' = 1566) and extreme hirefringence,
and calcite distinguished from the others by routine alizarin stain of a

half  of the thin section (Friedman, 1971).

Tertiary to Recent carbonates may hold an appreciable amount of Mg
in - non-equilibrium solid  solution. Such magnesian  calcite will  have the
optics  and staining properties of calcite, but show an appropriate amount
of Mg on chemical analysis; they may be distinguished from calcite by small
increase of unit-cell dimensions, as determined by x-ray diffraction.
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Calcite and dolomite of evaporite origin are characteristically colored

gray with bitumen  (Shearman,  1974).

Aragonite. CaC0;. P 294, H =4 Much aragonite is formed in shell
material, but in evaporite terranes pisolitic caliche is an important site
of aragonite growth  (Scholle and Kinsman,  1974). Index of refraction, bi-
refringence, and chemistry (but no Mg in solid  solution) are similar to
calcite, but cleavage is rectangular instead  of rhombohedral.

Although aragonite is unstable and either  dissolved or transformed to
calcite in nearly all rocks older than the Tertiary period, relics of
pisolitic texture may be indicative of the sabkha type of environment

where much aragonite is deposited.

Dolomite. (CaMg) (COg)2 P 287, VvV =23000, H =4  White, gray
from organic  matter, often  brown from surface  oxidation of small amounts
of Fe in solid solution. Euhedral ~ rhombs seen easily in thin  section and
often by hand lens are characteristic of dolomite, although by no means
all  dolomite is of this form. Does not effervesce easily in  HCI. In  thin
section optics  similar to calcite, but not stained by alizarin. The car-

bonate  associated with  evaporites is usually (but not always)  dolomite.

Magnesite. MgCO3. P =296, H =4  Fine grained, dead white. Rare,
but probably more common in evaporites, especially of the potash facies,
than it is usually given  credit for. No effervescence with  HCI, or stain
with  alizarin. Optics  similar to dolomite, but refringence (w = 1.700,

E = 1509) may be distinguishably higher. Determination should be checked
by x-ray diffraction [d: 2.14(100)(104),2.102(43)(113),1.700(34)(116)].

Sulfates

Anhydrite. Cas0,. P =296 V 20000, H=3 Whie, gray, light
brown. Alteration of the surface to a dead-white, fine-grained adherent
coating of gypsum, by exposure of a core or drilling chips to water for
several  hours, is a clear determinant for  anhydrite. This  characteristic
"stain” can be generated more quickly by immersion for 15 or 20 minutes
in a 4M solution of KZSO4.

In thin  section moderately high  refractive indices (@ = 1570; Y =
1.614), high  birefringence, and parallel extinction, are characteristic.
Brick-shaped sharp euhedra are common, sometimes as isolated crystals

several millimeters long replacing a fine-grained matrix, more often as a
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silt-size aggregate seen under th~ microscope. Acicular crystals also

common, and are ascribed to the replacement of original gypsum  (Ogniben,
1957) .

On a larger scale, a variety of nodular, flaser ("chicken-wire") and
enterolitic structures in anhydrites are ascribed to a supratidal regime
of crystallization, either as primary  precipitation of anhydrite (Kinsman,
1974a) or as an early diagenetic replacement of primary  gypsum (Butler,

1970); but other, subaqueous, regimes  of formation are not excluded
(Richter-Bernberg, 1955). Many other  structures, lamellar and cdarsely
bladed, are certainly derived  from original gypsum (see detailed discus-

sion in a later  section).

Gypsum. Caso é2H20. p = 232, Vv = 19,000. Softness H =2 is

characteristic. I: hand samples and under the microscope the cleavages
that break into plates, and break further with  other cleavages at an angle
of 67°, are a unique feature of gypsum. Refractive index (w = 1521, 0O =
1.530) and birefringence (0.009) are both low.

Gypsum from modern sabkhas takes a variety of forms: (1) a disor-
ganized mush of small discoidal crystals flattened perpendicular to the
C axis; (2) very large ‘"selenite" crystals, also flattened perpendicular
to C; (3) both small and large crystals flattened in the a-c plane (Butler,

1970;  Schreiber and Kinsman, 1975; Shearman, 1978). The morphology per-
pendicular to ¢ may be caused by high salinity (Cody, 1976), or by the
adsorption of organic  molecules to the {lli} form  (Barcelona and Atwood,

1978). Replacements of the large gypsum crystals by anhydrite or by

halite can be recognized in older  rocks.

In rocks older than Tertiary nearly all gypsum is an alteration of
anhydrite by near-surface ground  water. While  occurrences below a couple
of thousand feet are not unknown, such determination$ should be recorded as
questionable unless  confirmed by optics or x-ray. Bassanite, (caSO4‘{H20)
is very rare, always an alteration product and must be confirmed by detailed

X-ray  examination.

Celestite. SrSO4. P =300, H = 35. Ubiquitous but rarely in large
amounts, its presence may be suggested by Sr analyses. Then it may be
distinguished from Sr in solid solution in  sulfates or carbonates by
searching thin  sections or insoluble residues for  crystals of high refractive
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index (W = 1622, £ = 1.631), low birefringence (0.009), and prismatic
cleavage; or by optical or Xx-ray  examination of a ~ravity separate. That
extremely small inclusions of celestite account for most of the Sr detected
in many gypsums is confirmed by electron microprobe studies (Link  and
Ottemann, 1968).

Chlorides

Halite. NaCl. p = 217, V = 15000, H = 25. Usually  colorless to
gray, from reducing conditions in  evaporite brines (Kinsman et al, 1974),
but rarely (Canning  Basin, West Australia) oxidized and stained dark enough
brown by finely disseminated goethite so that even in thin section it
resembles  sphalerite. Blue from color centers  (reviewed in Kirchheimer,
1976). Soluble in water, so that in common drilling practice it may be
dissolved in cuttings and from the surface of cores, which then look highly
porous. Deliquesces at 75 percent  humidity, so samples' must be protected
from humid climates. Thin  sections must be prepared in kerosene to pre-
serve halite or potash  minerals. In thin  section the zero birefringence
and low refractive index (n = 1.544) allows halite to be sometimes  over-
looked or regarded as open porosity: Look closely for  rectangular (100)
cleavage  and growth zones and for material slightly less  refractive than
the mounting  medium. Commonly in gravel-size anhedral  grains, whose bound-
aries under the microscope may only be evident by irregular surfaces out-
lined by microscopic fluid inclusions. "Chevron"  type upward-pointing
(100) growth  zones have important genetic  significance (see a following
section). Under high deformation, as in salt domes, crystals may exhibit
preferred shape orientation (and even structural orientation, which is
difficult to detect), as well as parting (that resembles  cleavage) along
(110) dlide planes at an angle of 45° to the real (100) cleavage. Hydro-
halite (NaCl.2H,0) is a possible precursor of halite in the crystallization
of some winter layers (Fiveg, 1948), but this has not been confirmed.

Polyhalite. K2MgCa2(S04)442H20. p = 278, V = 17,400. In some potash
rocks  polyhalite is the counterpart, and often a replacement of, the pure
calcium  sulfate, anhydrite or gypsum. Gamma ray activity moderately high.

3) and slight solubility are more like anhydrite than like

Hardness  (H
other  potash  minerals. Color opaque white, orange, or pink. Fine-grained
in acicular or anhedral  crystals. In thin  section the low refractive index

(w = 1548, £ = 1.567), moderate  birefringence (0.019), and polysynthetic
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twinning superficially resemble  plagioclase, but the extinction is asym-

metrical to the twin composition plane. Identification may be confirmed
by x-ray diffraction, in which the lines at 6.00(8)(111) and 5.82(7)(200)
stand out from nearly all other minerals. The occurrence of polyhalite

may extend farther and be less subject to subsurface solution than  other
minerals of the potash-magnesia facies, and for that reason it is impor-

tant to recognize.

Sylvite. KCI. P =198, Vv = 13,500. Gamma ray activity very  high.
Slightly more  soluble, with  a bitter taste compared to the strictly salty
taste  of halite. Deliquesces at 80 percent  humidity. Softer (H = 2) and
sectile when cut with a knife, compared with  the inevitable cleavage frac-
ture  of halite. White,  transparent to translucent, often red with  micro-
scopic  or nearly amorphous disseminations of hematite. Optics  similar to
halite.

Carnallite. KMgC13é6H20. P =167, Vv = 12800, H = 25. Gamma ray
activity high. Very soluble  with a bitter taste. Waters other  than resi-
dual brines  will decompose it incongruently to sylvite; consequently, some
cuttings and cores will show as evidence for carnallite only surface
porosity lined with shiny pink plates of sylvite, resembling mica.
Deliquesces at 53 percent  humidity. Often  idiomorphic in barrel-shaped
orthorhombic (pseudo-hexagonal) crystals. Dull,  with pink to red colors
common as a consequence  of precipitation of hematite from an original
solid  solution between Mg- and Fe-carnallites. Optics: a = 1466, Y
1.494, no cleavage. Plastic deformation gives  polysynthetic twinning on
(110). Carnallite is soluble in alcohol  with  precipation of sylvite,
whereas halite, sylvite and most other evaporite minerals are only slightly

soluble if at all

Kainite. 4[K4Mg4C14(S04)4lallH20. P = 213, H = 3. \Vitreous, easily
soluble, colorless to gray. Confirm by x-ray diffraction: 3.08(100)(402,
531);  7.78(80)(111); 7.39(40)(111).

Kieserite. MgSO4éH20. P =257, H = 35. Massive with a = 1.520,

Y = 1.582. This is the most common magnesium sulfate in evaporites, an
important constituent of the rock type Hartsalz. Often a decomposition
product  of Kkainite. The dead white efflorescence to epsomite and other
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higher  hydrates of MgSO4 is indicative, although this also occurs on other

magnesium  minerals.

Other  Minerals

Other  minerals sometimes  encountered in the potash-magnesia facies
are langbeinite, K2Mg2(S04)2; schoenite, K2Mg(S04)2; bloedite (astra-
khanite), Na2Mg(S04)2'4H20; bischoffite, MgC12'6H20, and tachyhydrite,
CaMg,C1gal2H0. A number of borates and phosphates are found as accessories.
In  non-marine evaporites the range of mineralogy is much greater, but trona,
Na3C04(HCO3)'2H,0; glauberite, Na2Ca(S04)2; and mirabilite, Na2504'10H20
(or thenardite, Na2504) are often found, with silicates such as the zeolite

group as important accessories.

EQUILIBRIA OF SOLUBLE MINERALS

Evaporite minerals are products of chemical crystallization; conse-
quently, relations at equilibrium play an important part in their  generation.

Although the seawater system is a complex one, with at least six controlling

components, the important principles of equilibrium crystallization can be
understood by starting with  some of the simpler systems of which it is
composed.

Simple  Binary System--NaCI-HzQ

The solubility of sodium chloride in water at 20iC is 36 g NaCllOO g
Hy0.  To understand the process of evaporation and crystallization, suppose
that we start with a solution that is something like seawater, with only 3 g
NaClloO g H,0. If we remove by evaporation 91 grams of water, the resulting
brine is 100/(100-91) = IIX  concentrated compared to the original solution.
The solution has [3/(100-91)] x 100 = 33 g NaCllOO g water, just about at
saturation with  respect  to sodium chloride. Up to this point, the concen-
tration has risen in direct relation to the amount of water remaining.
Once saturation is reached, however, for each 100 grams of water that is
removed, 36 grams of salt must precipitate so that the remaining brine  will

remain  at saturation.
It is very important to clearly understand that the amount of salt
deposited from the solution is 36 grams for every 100 grams of water re-

moved, regardless of the size of the body of brine. That is, once
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saturation has been reached, the rate of precipitation in grams per square

centimeter of the basin is simply related to the rate of evaporation of
water in grams per square centimeter, regardless of the depth of the brine.
This is not to overlook the fact that, at a given rate of evaporation, it
would have taken proportionately longer to reach saturation with a deep

body of brine than it would with a shallow body of brine.

Temperature and Solubility

In binary  systems,  solubility varies  with  temperature, but the amount
of this variation is very different in different systems. On the one hand,
in the NaCI-HZO system just  considered, the temperature coefficient of
solubility is relatively small  within the range of temperatures usually
found in brine. On the other hand, sylvite, KCIl, has a much greater
change in solubility with  temperature. This  contrast is displayed for

the simple two component systems in Figure 6 (this is only an approximation

to the corresponding variations of halite and sylvite solubility in  seawater
brines).

The variation of  solubility of salts with temperature is sometimes
called upon to explain crystallization of salts at the bottom of a
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Figure 6.  Solubilities of halite and sylvite in pure water as a function

of temperature.
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brine  basin. Brine is heated while being evaporated by the sun on the

surface; then the dense brine may circulate to the bottom of the basin
and precipitate salt if it loses its heat there Dby conduction or radiation.
Also, brines  saturated in the summer may precipitate in the winter, as
can be observed today in temperate interior basins  where the range of
summer-winter temperatures is large.

Two things are important in evaluating the effectiveness of this
system of crystallization: (1) crystallization ultimately depends  upon
evaporation, and the change of temperature may only shift the time and
place of crystallization; (2) the amount of salt precipitated depends on
the difference of solubility at the two temperatures, not on the solubility
itself. Thus in the simple system that was considered above, whereas
evaporation of 100 grams of water necessarily led to the crystallization

of 36 grams of salt at 20iC, a lowering of the temperature by as much as
10iC only precipitates 0.4 grams of halite. Of course, this could only
happen if the brine had already been brought to saturation by extensive
evaporation. Sylvite is more effectively precipitated by this mechanism,
precipitating 6.7 grams during the same temperature drop. In the more
complex system of seawater brines a similar variation of solubility may
explain some halite-sylvite layering (Fig. 7) as an annual summer-winter
cycle of temperature change in continually saturated brines.

That the change of solubility with  temperature is a function of the
mineral itself as well as of the solution is dramatically illustrated in

Figure 8. In the system CaSO4-H20, gypsum, the phase stable at lower

temperatures (see below) has only a very litle rise in  solubility with
increasing temperature. But anhydrite and the metastable bassanite de-
crease  sharply in solubility as the temperature is increased.

Braitsch (1963) has published a very readable  survey of the various
ways that the temperature of evaporite deposition may be determined.

Pressure  and Solubility

The effect of pressure  on solubility varies  widely  depending on the
system being  considered. In many systems of concentrated brines, the
effect of pressure  on solubility is  unimportant. In the system NaCI-H20
considered above, an increase of pressure to 700 bars, corresponding to

hydrostatic pressure at a depth of 5000 meters, the solubility of sodium
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Figure 7. Seasonal layering of halite (white) and sylvite (gray: red in
original); Unteren  Kalilager, Oligocene  of the Rhine Valley, Buggingen,
Germany (BRD). Photograph by H. Roth.
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in pure water (after D'Ans et al, 1955).
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chloride increases by only 10 percent. This  factor is therefore of little

consequence  in such systems.

In  contrast, as shown in Figure 9, the solubility of anhydrite at the
boiling point of water more than doubles under this pressure increase. A
diagram  such as Figure 9 brings out a number of interesting and practical
relations. For example, the decrease in solubility of anhydrite with  tem-
perature is only partially compensated by the usual increase in  pressure
down a well. Consequently, water on the surface that has already been

saturated by contact with gypsum at about two parts per thousand (Fig. 8)
might rise in temperature to perhaps I80jC in being pumped down a well

to a depth of 3,000 meters where the hydrostatic pressure  would be 300 bars.
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Figure 9.  Effect  of pressure on the solubility of anhydrite in pure water.
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By interpolation between the two upper curves in Figure 9, its  solubility
there would be only 02%0 so that the difference of 1.8 parts CaSO4 per
thousand parts of water would scale out on the way down. In another  case,

formation water at high pressure  saturated with  calcium  sulfate might

precipitate as much as half of its load of calcium sulfate, at a constant
temperature, if the pressure  were decreased radically on entering a well
bore because of a shift from lithostatic to hydrostatic head, or simply

because of a reduction of pressure  during  pumping.

Multicomponent Equilibria

Of the components of seawater listed in Table 1, the ones that have
a major effect on the crystallization of salt minerals make up a Six-
component  system K-Mg-Na—CI-SO4-H20. The details of such a system are
necessarily complex and particularly difficult to display in diagrams,
although the principal features of the system were worked out experimen-
tally 70-80 years ago by Vant Hoff and his colleagues. We will consider
here a few of the important results. For further details see Braitsch

(1971) and Rowe et al. (1972).

As new components are added to a system, the important common-ion

effect  may operate. This is because the solubility, to the extent that

it is a constant, is actually a solubility product; that is, equilibrium

is established for a certain value of [Na+] [Cl-] where the values in
brackets are the activities (to a first approximation the concentrations)

of the designated ions. Consequently, all  of the Cl in a solution, regard-

less of its origin and whether it may be formally counted as part of another
component  such as MgClZ, is effective in  precipitating halite. In the
ternary system NaCI-MgClZ-HZO the  solubility of halite decreases  from 36
g/l00 g H20 in pure water to about 26 g/lOO ¢ H20 in a brine with 13 ¢
MgClZIIOO g HZO--rougth the amount in a seawater brine that is just
beginning to crystallize. In the complete and more complex brine of real
seawater, as shown in Figure 10, the solubility of halite shows a decrease

of this kind as the magnesium and potassium chlorides accumulate during

evaporation through  the halite facies. Contact  between brines  of varying
degrees of concentration could lead to halite precipitation, as discussed
in a following section.
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As emphasized in Table 2, ions are tied wup in various complexes  in

seawater. This  complexing may increase tremendously in the brine facies.
Referring to the bottom curve on Figure 10 (see also Kinsman, 1974) the
very sharp rise in solubility of calcium  sulfate with  seawater  concentra-
tion  increasing up to 2X, is probably the result of complexing of sulfate
in (MgSO4)0 and (Na2504)0 neutral pairs in the brine. Solubility continues
to increase until the common-ion  effect takes over and solubility drops
to a very low but constant level at high brine  concentrations. Because
of this very low solubility in  concentrated brines, nearly all of the
calcium  has been precipitated as gypsum before the halite facies, and
any new seawater —mixed with such brine will precipitate its own gypsum.
10 ~
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Figure  10.  Solubilities of gypsum and halite in  concentrated seawater.
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For the same reason, seawater concentrated to gypsum saturation will  pre-
Cipitate more gypsum if it also dissolves halite.*

As more components are added to form this complete seawater  system,
it becomes more difficult to indicate the relations on simple diagrams.
It becomes necessary to extract into such diagrams only the essential
features that are new as higher  concentrations are attained. We have just
seen that nearly all of the calcium will be precipitated as sulfate at an
early stage of the evaporation, just as carbonate  was precipitated at an
even earlier stage. Furthermore, halite precipitates through  a long period
before  the complex potash-magnesia minerals begin to appear, while a little
halite continues to crystallize throughout all of the variations of that
complex  system. These constant elements allow us to simplify display  of
the equilibrium relations in the seawater system, as shown in Figure 11,
by neglecting calcium  completely and assuming that halite is always present.
In this triangular diagram,  necessarily drawn for only a single temperature,
the proportions of the remaining three  components  (in moles) are shown: Mg,
K2,
the potash-magnesia facies are in equilibrium with a brine  of the compo-

and S04' This drawing shows the fields in which particular minerals of

sition indicated by position on the diagram. For example, seawater,  which
has Mg:KZ:SO4 in the mole proportion 70:7:23, is barely inside the field
of equilibrium with  the mineral  bloedite, Na2Mg(S04)2a4H20. This means
that after gypsum and then halite, the next mineral to precipitate at
equilibrium "should  be" bloedite. As bloedite and then the magnesium
sulfate epsomite  are precipitated, the composition of the remaining brine
moves toward the upper right, away from the lower-left sulfate corner  of
the diagram. As the brine is further concentrated kainite is added to the
minerals in equilibrium, and through  successive reactions, as shown by the
arrows on the diagram,  kieserite and carnallite become equilibrium phases.
Finally, the last amount of water is removed (at the end of the last arrow)
from a mixture  of kieserite, carnallite and bischoffite. We are not con-

cerned here with the details of this sequence, which also varies widely

with  temperature, although such diagrams playa very  important role in the
geochemistry of crystallization of the potash minerals, in their  subse-
quent alteration, and in the chemical processing of brines and minerals.

*Contrary to a statement used in a model for halite solution and gypsum
growth by Schreiber and Schreiber (1977).

246



Mg

BISCHOFITE
Mg CI,'
KIESERITE --—-+-1 CARNALLITE
Mg SO.&H,0 KMg Cl. 6 H,0
ALL FIELDS
PLUS HALITE
EP50MITE

Figure 11. Stable equilibria in the system Na-K-Mg-S04-Cl-H20 at

25iC. Scale in  moles. (After Borchert and Muir, 1964, p. 99; for

corrections see Braitsch, 1971, p. 67).
Here it is sufficient to make a couple of points: (1) potash-magnesia
mineralogy is complicated and includes many minerals; and (2) the common
mineral sylvite is not reached during this sequence of equilibrium crys-
tallization as studied in the laboratory, unless  sulfate is strongly
depleted. Another  possible reason for the latter discrepancy is con-
sidered in the following section.

METASTABLE SYSTEMS

Principles

A stable  chemical system under particular conditions of composition,
temperature, and pressure can best be understood as the most stable  set
of mineral (and brine) phases that can exist. The problem is that other
minerals do in fact exist under identical conditions, and this very exis-
tence implies a degree of stability which leads to the label metastable
minerals. Metastable minerals exist in spite of the fact that another
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mineral may be of lower energy and, hence, intrinsically more stable,

because of a certain energy hump that must be got over in order to reach

that most stable  situation. The energy barrier can be overcome in some
cases by a rise in temperature, or by the internal energy of plastic de-
formation. Time certainly works in the direction of obtaining the most
stable  mineral. Two things  should be clearly understood, however: (1)
transformations can go from a metastable phase to a stable phase, or even

from a metastable phase to another metastable phase, but never from a stable
phase to a metastable phase; (2) in some cases, particularly at low temper-
atures, metastable phases have persisted for  geological time  without trans-

forming to the stable state.

Consequently, the stable  equilibria that we have discussed above are
only a starting point  for the understanding of the realities of geochemical
mineralogy. The mineral relations discussed  there are the end products
that should finally result if all the reactions have run that are possible.

In this section we discuss some important examples of minerals which, in

fact, do exist metastably in  significant amounts.
Calcium  Sulfate  Mineral Relations

The calcium  sulfate minerals are an important and often  puzzling

example of metastable relations. The following summary can be supplemented
by details in  Kinsman  (1974). In Figure 8 it was already evident that at
low temperatures gypsum really had the edge over anhydrite in having a low
solubility, while  at higher  temperatures anhydrite was the stable phase.
Bassanite, or "plaster-of-Paris," CaS044iH20, is not stable at any tem-
perature. However, if gypsum is heated in the laboratory in the presence
of water, the gypsum will continue  to exist metastably up to temperatures

of nearly 93iC, and then transform to bassanite. Although  continued de-
hydration at high temperatures can yield anydrite in the laboratory, it

is nearly  impossible to grow from solution. However, some modern sediments
and older rocks composed of anhydrite have textural evidence indicating

that they grew as anhydrite directly from the brine  (Kinsman,  1974). In
this  respect  the situation is  similar to that of primary  dolomite, which
is easier to find than to make. Figure 12 suggests the stability relations
among the calcium  sulfate minerals, and diagrams in a qualitative way some
of these stable and metastable relations. The thicker arrows  represent
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easier, quicker transformations. For experimental variation, see Cruft and
Chao (1970).

The equilibrium relations for calcium  sulfate in seawater brine are
shown in Figure 13 as a function of temperature and concentration. In-
creasing sea salt  concentration decreases  the temperature at which  gypsum
can transform to anydrite, until at the beginning of halite precipitation it
is at normal surface  temperature. In the high salinites and high temperature:

Figure 12.  Relative ease of changes
between various forms of calcium  sul-
fate. Wider lines are qualitatively
easier  transformations.
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Figure  13.  Equilibrium relations for gypsum and anhydrite with  varying
temperature and brine  concentration (calculated from data of Hardie (1967)

and many other sources).
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of some sabkha muds, anhydrite does, in fact, grow from brines by capillary

evaporation. But in many situations, gypsum not only grows, but persists,
at temperatures and brine  concentrations where  anhydrite is the stable
phase.

As sediments  of this sort are buried and the temperature rises  above
about 100iC by virtue of the geothermal gradient, the transformation in-
evitably goes to anhydrite. These relations are indicated on Figure 14, in

which  the effect of pressure  with depth is also taken into  consideration.

What this diagram says is that even if gypsum was deposited in its  region
of stability in  relatively fresh  waters, as in the lower left part of

Figure 13, burial will soon bring it along one of the geothermal gradients
into  the transformation region, as shown in the wupper right part of Figure

14. As a buried anhydrite rock, formed in this way, is brought back within
some tens of meters of the surface by uplift and erosion, it enters a zone
of lower temperature and fresher ground in which, as indicated in Figure 14,
it tends to transform back to gypsum.

Several  important consequences follow upon these gypsum <+ anhydrite +
gypsum transformations. If the water released by gypsum as it dehydrates
to anhydrite after  burial is retained in the rock, it adds (to the porosity)
at least 40 percent of the volume of the original gypsum, with a distribu-
tion  likely to greatly decrease  the rock's  strength. Rocks of this sort,
made into  quicksand by the internal release  of this water, may be respon-
sible  for (1) lubrication of faults, and (2) extremely deformed  textures
and structures of some anhydrites (Heard and Rubey, 1966). If, on the
other hand, such dehydration water is  expelled from the rock, it will
become an important internal source of water. Such water, being under-
saturated with  respect to other minerals of the evaporite sequence,  in-
cluding carbonates as well as halite and potash  minerals, may lead to
important solution and/or  diagenetic changes in those rocks (Borchert and
Muir, 1964, p. 108, 158). Such waters  should also be considered as pos-
sible  media for the migration and transformation of hydrocarbons.

Another  important consequence  of the loss of such water is the de-

crease in volume of the sedimentary section after  burial. Succeeding
layers  of sediments  will show anomalies  similar to those caused by com-
paction, but reference to Figure 14 suggests that the changes in sediment

250



0 4 Vw7 o
20001- THERMAL - e " 140 150
ADIENTS B T i ST
/ 1T -
1 11
1m TP =
4000~ / 0o <.055S A P
"’ IIMH.’I~....III ” i
oca. e B o
_ RESH WATER " .
¥Ca'~ / :’ TRANSFORMATION <,
TEMPERATURES W - -
VT 1
wcal I=--] M -,
0 10 _ u
20 30
, &0 60 70
TEMPERATURE ' o 50
Figure  14.  Gypsum-anhydrite transformation under hydrostatic pressure,
shovv)ing normal  range of geothermal graidents (calculated after  McDonald,
1953).
Figure  15.  Expansion  of buried  anhydrite (A) to gypsum on the outcrop
away (B), as shown by correlation of varves of the Permian Castile Forma-
tion,  Texas. Reproduced by permission of R. Y. Anderson and D. W. Kirkland
and the Bulletin of the Geological Soceity of America  (1966).
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thickness will  be generated at some shallow (rather critical) depth,

rather ~ than gradually over any wide range of depth as in normal compaction

of shales. For example, dehydration of gypsum may generate a characteris-
tic drape of succeeding sediments in an evaporite basin  surrounding a more
solid  reef.

The rehydration of anhydrite to gypsum, as uplift and erosion  bring
the rock back into the zone of cooler fresh ground waters, is accompanied
by a corresponding increase of 64 percent in volume, assuming no initial
porosity in the anhydrite rock. A volume increase  has been definitely
proved for the Castile Formation by the varve correlations of Anderson

and Kirkland (1966), as shown in Figure 15. It is important to note that,

at least in this particular case, the expansion during  gypsification has
been accommodated by a thickening of the rock without folding or distor-
tion of the sedimentary layers. Inasmuch as gypsification ordinarily takes
place under a load of only a few hundred feet of overlaying sediment, this
vertical style  of expansion may be expected. Although  folding is often
attributed to rock pressures generated during  gypsification, it would be
well to reserve the possibility that such rocks were deformed before
gypsification. Such deformation might be much more important in inter-
pretation of the geological history than is the relatively local  process
of gypsification itself. Close observation has established that  generally,
although not inevitably, gypsification preserves the general features of
textures and structures of the previously buried  anhydrite rock.
Potash-Magnesia Minerals

When the stable  potash-magnesia minerals ~ were discussed in the previous
section, it was pointed out that sylvite, KCI, cannot be formed during the
simple  evaporation of ordinary seawater, although  sylvite is actually the
most common potash  mineral in evaporite rocks. This  discrepancy could be
explained if some of the complex potash-magnesia minerals, such as kainite,
did not precipitate very easily (reviewed  in Valtashko, 1972). That would
allow the compositions of the residual brine  to lose further magnesium
sulfate, and move across the triangle to the edge of the field where syl-
vite is stable. Then as shown in Figure 16, first sylvite and then car-
nallite could be precipitated as primary  minerals. Other  explanations for
primary  sylvite involve removal of magnesium or sulfate from the brine,
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Figure  16.  Metastable equilibria in the system Na-K-Mg-S04-CI-H20
at 25iC (after  Valiashko, 1972).
such as the biological reduction of sulfate (Braitsch, 1971, p. 246-250).
Further evidence  for sulfate deficient brine is the occurrence of thick beds
of tachyhydrite in the Cretaceous of Brazil (Wardlaw,  1972) and Thailand
(Hite  and Japakasetr, 1979).
The distinction between  primarily-crystallized and secondarily-formed
potash  minerals is important to the geological interpretation of the evapor-

ite  sequence, with  consequences that are crucial to the orderly development

of a potash mine and which may even affect petroleum exploration. The most

important alteration path leading to secondary  formation of sylvite can be

most easily  understood by recalling (Fig. 11 or 16) that carnallite is

originally precipitated in equilibrium with a brine that is extremely rich

in MgClZ. Now if the composition of the fluid in contact with carnallite

is changed to one with less or even no MgCl2 (such as the water derived

from the dehydration of nearby rocks in the calcium  sulfate facies), some

of the carnallite will transform to sylvite according to the reaction:
KMgC15'6H,0 2]
carnallite sylvite brine

253



The reaction of carnallite to sylvite proceeds with a change in volume of
+13 percent if the resulting new magnesium  chloride brine is retained in
the porosity, or -78 percent if it is expelled. Particularly in the latter
case, the decrease in volume of the rock may lead to drape in the overlying
formation superficially similar to that discussed above for the gypsum +
anhydrite transformation. However, the carnallite + sylvite transformation
depends not on a certain temperature of burial, but on a new supply of
fresh  water. Consequently, thickening in the overlying sedimentary section
could result at any level as a consequence  of contraction of the potash bed
at a later time period. Wardlaw  (1968) has demonstrated that drape due to
carnallite + sylvite transformation can be recognized in seismic  sections
and isopach maps of the overlying formations. Thickenings may be important
not only in the interpretation of the potash deposit itself, but  should
be recognized in the interpretation of geophysical exploration.

In addition to recognizing this  transformation by direct or indirect
observation of thickness changes, the distinction between primary  and
secondary  carnallite or sylvite can also be based on petrography or on

the distribution of trace elements such as bromide and rubidium (see below).

FACIES OF MARINE EVAPORITES

Principles

The word facies is used to describe critical variations in the
mineralogy of evaporite rocks, and in this respect, its use is somewhat
different from other uses of the word, such as the temperature-pressure
facies  of metamorphic rocks, or the textural-paleontological facies  of
carbonate rocks. In evaporite rocks facies  characterize in a general way
the stage of evaporation of the brine from which the minerals were deposited.
They represent practical subdivisions of the evaporite process  recognizable

through  the appearance  of new minerals.

General  Facies  Sequence

The general facies sequence is outlined in Table 7, along with some
of the important characteristics of the rocks in each facies. Each new
facies is characterized by the appearance of a new mineral: a calcium
carbonate (aragonite, calcite, or dolomite), a calcium  sulfate (gypsum or
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anhydrite), halite, or a potash-magnesia mineral (usually sylvite or

carnallite). These appearances are the natural consequence  of the process
of crystallization (either equilibrium or metastable) as water is removed
by evaporation, and depend on a balance between the proportions of various
components in the original seawater and the solubilities of the corres-

ponding  minerals in  brine.

It seems necessary to emphasize that a facies in evaporites is dis-
tinguished not by the proportion of the minerals, but by the appearance,
in any proportion, of a critical new mineral. To be in the halite facies,

a rock is required to contain not 50 percent, but any amount of halite.
The very fact that halite could precipitate at all is the critical factor

in the appearance of the new facies.

For some purposes evaporite geologists have found it wuseful to sub-
divide  the potash-magnesia facies into  subfacies characterized by various
minerals of the evaporation or even of the alteration sequence; these are

reviewed by Braitsch (1971, p. 84-97).
Facies with  Seawater Input

The evaporite facies are most directly characterized by the sequence
of minerals crystallized during  simple evaporation of a given volume of
seawater. However,  virtually the same sequence of minerals is found if
seawater is added to the brine during crystallization. Sometimes  the
amount of water added is less than that lost by evaporation and outflow,
so that the brine and its precipitated minerals  will  move forward through
the normal sequence of facies. But in some situations the amount of sea-
water added could more than compensate for that lost by evaporation, in
which case the brine and its precipitating minerals  will  regress  towards
a lower facies. In the important and practical case where the total volume
of brine in the basin remains virtually constant, such a regressive phase

would only be possible  with excess reflux back to the sea, to provide room

for new diluting seawater.

Inasmuch as evaporites would not ordinarily reach any appreciable
thickness without the addition of new seawater, it is useful to consider
in some detail the chemical relations that apply to evaporite facies  when

new seawater is added. The process is most easily  appreciated by con-

sidering the effect of adding the new seawater in a batch that represents
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Figure  17.  Dilution-evaporation cycle in seawater.
a small fraction of the total volume of brine. This batch might by a
yearly  volume of inflow, or inflow  following isolation for a longer period
of time. Continual inflow  during  evaporation is equivalent to such a model,

if the added increments are made smaller and smaller at shorter and shorter

intervals. The important thing is not the manner of seawater addition, but
the overall, long time balance of inflow and reflux.
Figure 17 is a diagram designed to show what will happen when seawater

is added to a brine that has already reached a high degree of concentration.
The diagram is drawn in relation to three important components in the com-
position of the brine: The proportions of the main cations vary across

the diagram from 100 percent Mg on the right to 100 percent Na on the left,

while  the small amount of Ca in the brine increases upward. This diagram

considers only the cations in  solution; anions follow along from the com-
position of the original seawater. It is often useful to think of this
diagram with an added third  dimension in which the proportion of water in

the brine is plotted upward above the level of the page.

The composition of normal seawater with a mole ratio of about 4::Mg:Na

and about two percent Ca lies at point a. Precipitation of a small amount
of CaCO3 is neglected. Consider  first of all how the brine changes compo-
sition as seawater undergoes simple evaporation without  additions. Until
calcium  sulfate begins to precipitate, the proportions Ca:Na:Mg remain

those of seawater at point a. The composition starts  far above the page
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along the imaginary HZO axis and moves vertically towards a until gypsum

is saturated and begins to precipitate. Then as further evaporation takes
place, the removal of Ca as gypsum makes the brine composition move south-
ward on the page, away from the northern pure Ca edge of the diagram. In
terms of water content, the composition can be considered as sliding down
along the saturation surface  for gypsum.  When point b is reached, halite

is saturated (at about IIX evaporation ratio). Now most of the material
precipitating will  be halite, because as shown in Figure 10 the solubility

of gypsum (also anhydrite) is very low and unchanging, so only a little
gypsum drops out as water is removed. Consequently, the composition of the

brine  moves mostly to the right away from the pure Na corner, and only

slightly downward away from the top Ca edge. If such evaporation con-
tinued  indefinitely, point e would be reached at which the Mg concentra-
tion would be high enough to precipitate the first minerals of the potash-

magnesia  facies.
Along this line b-e in the halite facies it is important to see

clearly the effect of adding new seawater that has not yet been evaporated

through  a previous calcium  sulfate facies. Consider, for example, a brine
that has crystallized a considerable volume of halite rock to reach point d.
If now a small amount of new seawater is to be added to make up for evap-
oration, there are two ways that this might happen: (1) The new seawater
could mix with the old brine to form a new brine of slightly shifted com-
position; or (2) the new seawater could float as a separate  body of density
1.02 on top of the brine that is in the halite facies with a density  perhaps
1.25. Figure 17 goes on to consider in detail what would happen in the

first case. The diluted brine  would have Ca:Na:Mg proportions along a

line between d and a, say at f. In its water content it would also be
diluted, perhaps lying a little above the saturation surface  for calcium
sulfate (but note discussion in  following section). As new evaporation
proceeds, the first thing that happens is removal of sufficient water  to
saturate the brine with calcium  sulfate, this action  being projected on

the diagram at point f. Next an amount of calcium  sulfate will  precipitate

along the line fc of the diagram to bring the entre brine to saturation
again with halite. Further  evaporation wil  move along the line to the

right  of ¢, precipitating halite and a very small amount of calcium sulfate.
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In many cases evaporation will go a little farther to the right of d to

bring  the final concentration for this dilution-evaporation cycle a little
higher  in the halite facies than when the cycle began. The net result of
the dilution-evaporation cycle  (which might, for example, represent a
year's  precipitation) is mainly the fallout of calcium sulfate and halite
in the amount they were brought in by the added seawater. To this may be
added a small increment of halite which serves to advance the general
stage of brine  concentration as stated above; or a small amount may be
subtracted if in fact the general trend of brine concentration at this
stage is regressive (the level d for the previous year is not reached).
Figure 18a indicates in a similar manner the relations for the second
case listed above, where the inflowing seawater does not mix with the
older  concentrated brine. Now the upper thin layer of new seawater  will
of course go through the sequence of concentration: precipitation of
calcium  sulfate and precipitation of halite, that the original large
mass of seawater went through. Eventually it may be expected to reach
a ,
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Figure  18.  Other evaporation cycles.
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point d, at which time its density wil be the same as the main mass of

brine, and mixing will  be inevitable. In this case the main deposition
is again a layer of -calcium sulfate and halite, nearly in the proportions
of the inflowing seawater. It should be noted that although fc is a

shorter  line on the diagram than a-b (and c-d is shorter than b-d) , the

amount of minerals is the same in the two cases, because the volumes of

brine  being evaporated are correspondingly different.

It is important to realize in either  situation, mixing  or to~-flow,
that a lot of calcium sulfate is precipitated, although the average com-
position of the brine in the entre basin has remained essentially in the
middle  of the halite facies. In case (1) the brine suffered only a slight
change in composition by mixing with the inflowing seawater; in case (2)
the surface water was actually of greatly different composition, but still
the average for the entre basin was highly  concentrated. Thus minerals
of a lower evaporation facies  will usually  be produced in bulk in a basin
filled with  brine  of a higher  evaporation facies, as an addition to the

main minerals of that latter facies.
In some cases the mineralogy may be slightly altered in this  process.
For example, although it is inevitable that calcium  sulfate will  precipitate

in some form or other from fresh seawater flowing into a basin that is

already  filled with  concentrated brine, it wil tend to precipitate as
anhydrite or even polyhalite, K2MgCa2(S04)4'2H20, in brines of the potash-
magnesia  facies. These are the minerals stable in that facies, so that
even if gypsum formed at the locale of crystallization, it would likely
transform either  while falling through  the concentrated brine, or soon
after  settling on the bottom. Similarly, dolomite  or even magnesite
(Kinsman, 1966) may take the place of calcite and aragonite in brines  of
higher  magnesium concentration. For example, polyhalite and magnesite  are

the common sulfate and carbonate minerals in the Salado Formation of the

Delaware  Basin, New Mexico and Texas, not only in the rocks of the actual

potash-magnesia facies in the Carlsbad district, but through much of the
formations surrounding the district.

The geographic situation of evaporite formation may include a certain
amount of isolation between a succession of evaporite basins, between the

various  parts of an evaporite basin, or even between the various parts of

a relatively shallow  shelf area of evaporation. In such circumstances, it
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may be useful to consider the main volume of more concentrated brine as a

system in itself, whose inflow is not likely pure seawater, but is perhaps
seawater that has been pre concentrated by a certain amount of evaporation
and precipitation of minerals of lower evaporite facies. The degrees of
isolation involved in real circumstances are, of course, highly variable.
At present, it is sufficient to indicate that any model involving the
inflow  of preconcentrated brine into a basin can be evaluated by a slight
variation of the same principles as described above. In Figure 18b the
inflowing-brine has been pre concentrated until it is halfway through the
calcium  sulfate facies, perhaps  7X seawater. Figure 18b indicates a
dilution-evaporation cycle for such a model, involving for each additional
increment  of inflowing brine  the precipitation of its remaining calcium
sulfate, along with an appropriate fraction of its halite load. An

analogous  diagram could be drawn, similar to Figure 18a, for a model in
which  the preconcentrated infow  did not mix with the previous brine.

In either case the principles are the same as those governing the inflow
of ordinary seawater, the only difference being that part of the calcium
sulfate was deposited elsewhere, reducing the amount of calcium sulfate

deposited in the basin being considered.
Precipitation Due to Mixing

Raup (1970) has shown that some mixtures  of brines can be, without
further evaporation, supersaturated with  respect to halite or sylvite.
This is easy to show for a simple ternary system, such as NaCI-MgClZ-HZO,
where the solubility of sodium chloride is markedly reduced by the common-
ion effect  when substantial amounts  of MgCl2 are added with another brine.
Raup has made further experiments, the results of which are indicated in
Figure 19. Mixing two brines, one highly  concentrated in MgClZ, results
in immediate  precipitation of halite. Raup has shown by model experiments

that the halite crystals may grow not only during thorough mixing of two

solutions, but also along a diffusion layer between a light  overlying

dilute brine  and a heavy underlying concentrated brine  analogous to the
"case (2)" (Fig. 18a) of the previous section. We are thus provided  with
the mechanism for a third locale of mineral crystallization, at the boundary
of t~JO brines, in addition to the previously recognized sites  of crystal-
lization: (1) the surface of the brine where the evaporation is actually

taking place; and (2) on the floor of the basin, where crystals may grow,
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Figure  19.  Precipitation of halite
(in grams) from mixing 50 ml each
of two seawater brines in various

concentrations at 25iC. Reproduced
with  permission of O. M. Raup and
the American Association of Petrol-

eum Geologists Bulletin (1970).

116 1.18 1.20 1.22
SPECIFIC GRAVITY ~ OF SEA-WATER BRINES

perhaps on seeds already fallen there, either by a lowering of temperature
or possibly by the overturn of previously supersaturated brines  from the
surface.

The chemistry of precipitation during mixing may be appreciated by
referring back to Figure 10. Brines that lie along any straight solubility
line on this diagram will still only be saturated when they are mixed.
However, where the solubility line is concave upward, the mixing of two
brines  leads to supersaturation. Although the data available do not yet
allow the exact configuration of the solubility limits in  highly concen-
trated seawater, Figure 10 indicates that, in general, mixing-precipitation
will take place only when brines of one facies are mixed with those of a
previous facies. Thus, halite precipitates when brines  of the potash-
magnesia  facies (that have already  precipitated some potash  minerals) are
mixed with brines  of the halite facies; analogously, mixing  of brines  far

along in the halite facies with those of the calcium sulfate facies is

likely to precipitate gypsum or anhydrite. The data in Figure 10, in fact,
suggest that a small amount of halite might be precipitated by mixing  brines
of the potash-magnesia facies with brines as low as 6X in the calcium  sul-
fate  facies. More dilute brines  probably could not reach supersaturation
by mixing.

The relative importance of these three sites of evaporite mineral
crystallization have yet to be evaluated, on the basis of petrographic and
geochemical evidence, for actual  evaporite sequences. Such investigations
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will  undoubtedly make a great contribution to our understanding of the

dynamic model of circulation and crystallization in real evaporite basins.
Mass and Volume Relations

The large volum~ of seawater required to make an evaporite deposit  is
dramatically illustrated on the left side of Figure 20. The first two
columns  dramatize the large volume of original seawater  required to deposit
a few feet of salts, even if all the salts in the seawater were extracted
by evaporation. The third  profile divides  the constituents of seawater
into components  roughly  related to the succ~ssive mineral  facies  although,
as discussed in a previous  section, there is not a strict correspondence,
e.g., some of the NaCl precipitates as halite  with the various  minerals of
the potash-magnesia facies, and also the components of the Ilatter facies
precipitate in various  combinations as particular minerals of that facies.
Anyway, it is evident that the complete theoretical evaporation of seawater

would give a rock that is dominantly halite.

SEA  WATER
AVERAGE OTHER
MARINE GYPSUM
SAIT HALITE
DEPOSITS
".0
¥¥(1 110 11.0
L,UUIT
70.0
Figure 20.  Comparative precipitation profiles of theoretical evaporation
of seawater and precipitation profiles of evaporite rocks. These profiles
sum components in the order of their first appearance, but are not actual
compositional profiles. Data from Borchert —and Muir (1964, p. 74), and

other  sources.

263



In real evaporite rocks,  the relative volumes of the various minerals
are distorted, largely as a natural result of the fact that evaporation
only proceeds so far before it is limited by either  atmospheric humidity

(Kinsman, 1976), the extent of communication of the evaporite basin  with

the sea (Dean, 1979a), or a change of evaporite regime. Consequently, in
average marine salt  deposits, the ratios of calcium carbonate to calcium
sulfate, of calcium  sulfate to halite, and of halite to potash-magnesia
minerals, are all higher than in normal seawater, as shown on the right

side of Figure 20 (see also Richter-Bernburg, 1955). Another  way of
looking at this is that inevitably some basins at some times reach only

a lower facies, or part way through one of the higher facies, so that much
of the more concentrated brines  escape back to the sea. The final product
of evaporation of seawater, bischofite, MgC12‘6H20, is in fact deposited
only very rarely (Rite and Jakapasetr, 1979).

In another way these volume relations severely  limit some aspects  of

real  evaporite precipitation. Suppose that an evaporite basin were filled
with  as much as 500 m of brine (which is not out of the question), and the
whole column of brine was just beginning to precipitate calcium  sulfate.
As the brine  continues to evaporate and be refilled from the sea, it will
very soon reach the concentration of 11 times that allows the precipitation
of halite--a new facies--unless there is not only inflow but also outflow
of residual brine. In the example, at the beginning of halite precipitation
the brine will  still be nearly 500 m deep. At a seawater concentration

factor of IIX that means that a total of about 5500 m of seawater has

evaporated. But a back-of-the-envelope calculation from the numbers on
Figure 20 'will show that this amount of seawater can crystallize only

3.2 m of calcium sulfate! Similarly, by a slightly more complex calcula-
tion  (Holser, unpublished), concentration of the same 500 m of brine, to
the beginning of the potash-magnesia facies (Table 7) can only half fill
the basin with halite. The important consequence is that evaporites of a

single  continuous facies  thick compared to the depth of the brine from which
they were deposited, require a large fraction of reflux. Otherwise  they
will  quickly proceed to the next facies. Thus many--perhaps even most--of
the evaporite series  that are thick enough in a given facies to attract the
attention of geologists, require  some system to get rid of the residual

brines. Of course a shallow basin (or a "zero-depth" sabkha) compounds
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this  problem. These residual brines  must either be returned to the sea
(which is nearly  impossible if the basin is sub-sea level) or they must
be stored as connate water in the underlying sediments.

A corollary to this thesis is that the important thick  sections of
uni-facies evaporites that we withess in the sedimentary column must have
generated  tremendous  volumes of brine. This brine was so dense (Fig. 3,

Table 7) that it cannot have been mixed by a temperature overturn (Table 5)

like  that which presently accounts  for vertical mixing of the oceans. Con-
sequently, these large volumes of brines are likely to have accumulated in
the deeps of oceans or mediterraneans, where they may have been responsible
for the deposition of black shales containing extraordinary concentrations

of sulfide and organic  carbon (Holser, 1977).

The time rate at which a volume of evaporites accumulates also has

important geological consequences. A nominal rate of evaporation of sea-
water in the present  subtropics is about two ml/yr, although, as discussed
in a previous section, this  may be substantially reduced as the vapor pres-
sure of a concentrated seawater brine  (Fig. 5) decreases toward the ambient
humidity. This amount of evaporation sets a maximum on the fallout of new

crystals each year, giving a consequent thickness for a yearly deposit.
Table 8 shows a calculated maximum of the rate of evaporite deposition in
each facies, for an evaporation rate of two mfyr, and compares these with
rates of subsidence in sedimentary basins. This comparison has two impor-
tant  consequences: (1) To anticipate the discussion of a following section,
the calculated thicknesses are compatible  with those of the laminations in

certain evaporite sediments  of comparable facies (Table 8), adding to other

evidence that the laminations are yearly varves; and (2) a previously
"starved" sedimentary basin--even a fairly deep one--can  be filled with
such evaporites (especially sal)y at a rate that is geologically instan-
taneous.

Another  volume relation is important. Valiashko (195la,  1972) illus-
trated  the relative volumes of salts and residual brines, as shown in

Figure 21. This diagram indicates the volume of brine remaining (assuming
no reflux) and the volume of salt deposited (assuming  no porosity) from
100 g of seawater. He emphasized that, by the time the potash-magnesia

facies is reached at 60 or 70X seawater, the volume of brine has been so
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Table 8. Evaporite Deposition

A.  {\'VAPO/IIT8 DRPOSIT10N RATES

Calculated maximumfor evapora-

ation of 2 mlyr

Jurassic  Todflto, NM

Permian Zechstein 2. Germany
Permian Upper Kama. USSR
Permian Castile. TX

Pennsylvania Paradox, vt
nevonLan Elk Point, Canada
Silurian Salina. Ml
B.  SUBSIDENCE

- - - - - - - - -~iethok----

Geodetic measurements

Recent geological features

Thickness of ancient sediments

POTASH-

' MAGNESIA----

FACES

DENSITY

Rates Comparedto Subsi.dencernm/yr

0.13

0,13

0,04-0.08

0.4

O SEDINEN],ARY BASINS
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1.2 25
0.2-1. 2 50-100
1-2 30-100
1.8 28
25-150
1-10 10-250
20-100
30-75

Ho Lser

Anderson and Kirkland. 1966
Richter-Bernburg, 1955

Fiveg, 1948

Anderson et: al ¥ 1972

Raup, 1966

Fuller and Porter, 1969a
Wardlaw and Schwerdtner, 1966
Dellwig, 1955

International Union Geodesy and

0.1-1.5 Geophysics. 1966

0,2-1.5 Coleman. 1966

0.03- [\6 Kay. 1955; Hudson. 1964
Figure  21.  Volume relations in  brines
concentrated from 1000 g of seawater.
After  Valiashko (1951).



~Jich reduced, and the volume of evaporites (mainly  halite) has increased
so greatly, that the two volumes are nearly equal*
Valiashko goes on (1956) to point out that if the salts have crystal-

lized with a porosity of 40 to 50 percent, most of the remaining brine  of

the potash-magnesia facies  wouid then be found filling such porosity.

This is quite a different physical model than we have usually been used
to thinking about in evaporite deposition and has a number of important
consequences. In the first place, as soon as the brine level goes below
the surface of the salt bed, evaporation is hindered and considerably
slowed, and capillary action is dominant. This may be another reason, in
addition to the requirements of humidity discussed above, that accounts
for the relative scarcity of deposits high in the potash-magnesia facies.

In modern sabkhas and in many modern playa lakes, most of the concentrated

brine  surfaces are interstitial, and capillary evaporation is the rule.
Another ~ consequence is that subsequent  crystallization may take place by
alteration and replacement of earlier-deposited evaporite rocks and by
porosity filling, rather  than by a simple sequence of sediments  deposited
on the bottom of a brine-filled basin. Furthermore, such brines  might
migrate  through  the salt porosity for  considerable distances under changing
hydrodynamic and tectonic conditions.

Irregular deposits of potash rocks, with a dominant factor  of re-
placement, are common in some districts such as the Permian of Carlshad,

New Mexico; but in other basins such as the Permain Zechstein of Germany,

the Permian Kungur of the pre-Urals, and the Oligocene  of the Rhine Valley
(Fig. 7), beautifully banded and possibly varved potash rocks must have
been formed by sedimentation. Perhaps in these areas the underlying salt
was originally deposited with  rather  low porosity. Garrett (1970) states
on the basis of his experience with  modern artificial salt ponds that we
may expect an initial porosity in halite of 40 percent, decreasing to 15
to 20 percent at a depth of 60 cm of salt, and 5 to 10 percent under 6 to
12 m of salt. The relative importance of Valiashko's model of interstitial
brines  must be evaluated for each geological case.

*In view of our discussion above, which indicates that the required inflow
of seawater would add lower facies salts to the precipitate, the conten-
tion of Kopnin (1964), that only late-stage precipitates should be counted,

cannot be accepted.
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Even in the calcium sulfate facies, a sabkha environment exhibits
the pervasive influence of diagenetic reactions taking place in the porosity

of the primary sediment (Kinsman, 1974).
Relation to Nonmarine Evaporite Facies

River waters and their related ground waters can also be a source of

evaporite deposition, as a look at the present Great Basin of the western
United  States  vividly demonstrates. Table 3 lists the mean composition of
world  rivers, with the ions in the order of their importance in seawater,

for easy comparison with Table 1. It is immediately evident  that while
rivers are probably  the long-term source of the elements in the sea, the
vastly  differing residence  times (Table 1) have radically distorted the
composition of the sea relative to this supply composition. In particular,
river  waters are generally rich in calcium bicarbonate and calcium  sulfate,
instead  of sodium chloride. Furthermore, we see in Table 3 only the mean
composition, depending on the source of elements in solution. The sources
of dissolved jons in such waters include: atmospheric sea salt and other
constituents of rain and snowfall, weathering and dissolution of earlier
rocks  (including evaporites), and seepage of ground waters (including
connate  waters). It is therefore not surprising that a very wide range
of compositions is found.

As discussed in a previous section, a common result  of the differing
composition of river waters and seawater is that the resulting nonmarine
evaporite facies  contain  considerable calcium  carbonate, sodium  carbonates
(such as trona, Na3003(HC03)é2H20),0r sodium  sulfates (such as mirabilite,
Na2804é10H20). The occurrence of these minerals, which are outside any
variations of seawater  crystallization, is certain evidence that nonmarine

waters  were important in an evaporite basin.

Nonmarine waters can be precipitated in nearly as wide a range of
situations as can marine evaporites. River waters may feed lakes of
interior basins, some of which, as in the Green River of the Eocene in
Wyoming and the Owens River system of the Pleistocene-Recent of eastern
California, may form extensive systems with  thick  deposits of lake-
sedimented  evaporites. In other situations, evaporation of ground water
may deposit large amounts of material, ranging  from simple caliche  cement
to rather  extensive evaporite accumulations. Patterson and Kinsman (1975;
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see also Kinsman, 1969a) have demonstrated the importance of continental

sources for the salts along the continental edge of the Persian  Gulf
sabkhas. There calcium  sulfate and carbonate  minerals are equally impor-
tant in both the marine and nonmarine  sections of the sabkha, although
the residual brines  have differing compositions in the two parts of the
area.

Evaporites with  mineralogy of the nonmarine facies sequence are sur-

prisingly rare in rocks of pre-Tertiary age, although other  evidence  can,
in some cases, be used to attribute earlier evaporites to a nonmarine

origin. The distinction may be of considerable importance in  developing
the geological history of an area, and of course in guiding the search for
reefs and other exploration objectives.

STRUCTURES AND TEXTURES

Calcium  Sulfate Facies

Two descriptive varieties of structure are quite  distinctive in the
calcium  sulfate rocks: lamellar and nodular. These have had a central
importance in interpretations of the history of these rocks, and many
aspects  of these interpretations continue to be controversial. Table 9
takes these two descriptive varieties, subdivides them into some genetic
subtypes, and adds some other and less controversial structures and tex-
tures to round out the picture. The discussion will by only cursory--more
details and illustrations should be studied for example in Jung (1958),

Murray ~ (1964), Maiklem et al. (1969), Shearman and Fuller (1969), Hardie
TABLE 9
SOME IMPORTANT STRUCTURES IN ROCKS OF THE CALCIUM SULFATE FACIES

Descriptive Types Genetic ~ Subtypes

Lamellar Varve-lamellar
Clastic-lamellar

Algal-lamellar

Nodular
Pegmatitic

Massive
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Eugster ~ (1971), Anderson et al. (1972), Kinsman (1974a), and especially
Schreiber (1978).

A previous section has emphasized the convertibility of gypsum to
anhydrite, and vice-versa. Apparently such conversions take place  with
little change of structure or even of finer details of texture, as dis-
cussed in a previous section. Hence in the following discussion one can
generally also  understand gypsum when anhydrite is cited.

A typical lamellar anhydrite rock  (Syn. laminated, rhythmic,

Liniena., Gebanderta., balatino) consists of alternate lamellae of white,
Figure  22.  Varve lamellar gypsum rock,  Jurassic Todilto Formation, New

Mexico. See Anderson and Kirkland (1960).
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nearly  pure anhydrite, and gray to black lamellae rich  in dolomite and

organic carbon. The lamellar pair is commonly 0.2 to 2 mm thick, but may
be as much as 10 mm, and the dark portion may be a fifth to a tenth of
the couplet thickness. The thickness of lamellae is usually  within a
range feasible for  precipitation in one year (Table 8). Thinner  sub-
laminations also  occur. Some individual lamallae show variations in
structure: wavy, enterolithic, or micro-nodular. Figures 15, 22, and
23 illustrate some varieties of lamellar gypsum/anhydrite. Detailed
petrography is illustrated by Anderson et al. (1972).

Many lamellar anhydrites are remarkably uniform. Individual lamellae
have sharp contacts, are perfectly flat, and are continuous across a core,
a mine face, or an outcrop. The vertical sequence of thicknesses seems to
be cyclic, and detailed time-series analysis of long sequences in the

Todilto Formation of New Mexico and the Zechstein Series of Germany have

indicated the dominance of 6, 11, 35, 60, 170, and 400 unit cycles

(Anderson  and Kirkland, 1960; Richter-Bernburg, 1964). Most remarkable
of all, sequences can be accurately correlated for tens and even hundreds
of kilometers across these  sedimentary basins. In these and other basins

such lamellar gypsum sequences are underlain by more finely lamellar

4clastic and carbonate rocks, and overlain by nodular  anhydrite and banded

(coarsely lamellar) halite rock (Anderson and Kirkland, 1966; Anderson
etal., 1972).

These characteristics have led to two conclusions: (1) that the
lamellar sulfate-carbonate was' sedimented in an extremely protected "zero-
energy"  environment usually characterized as a "deep-water" basin; and (2)
that the lamellae are yearly varves. The remarkable uniformity of the
lamellae certainly attests to deposition below wave base, perhaps some
hundreds  of meters, but it should be mentioned that sharp brine  strati-
fication in an evaporite basin  might damp wave motion at depths less than
would be normal for a more uniform  water column. Paleotopography of
bounding  older reefs and other structures corroborates depths  of over

500 m for several basins that develop these varved sequences.

The lamellae of some anhydrite rocks may be much more irregular.

Their  wrinkled form (Fig. 24) is indicative of an origin in algal
stromatolites of the intertidal sabkha zone (Nurmi and Friedman, 1974;
Gill, 1977), a situation in which they are also found in modern sediments.
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Figure 24. Algal lamellar gypsum  rock, unnamed  Pleistocene forma-
tion, Puertocitos, B.C, Mexico.

Corroborative evidence for such an origin of ancient anhydrite rock  may

be provided by discontinuous lamellae, mound  structure, polygonal dessica-

tion  cracks, ripple marks and cross  bedding; the lamellar thicknesses will
not be correlatable over any appreciable distance.

An intermediate style of lamellar anhydrite displays the irregularities

characteristic of clastic sedimentation, such as ripples, cross  bedding, and

graded  bedding, but with little or no evidence of algal structures. Clastic

sedimentation has apparently been a dominant feature in the deposition of

such materials, in the shallower, higher energy  environment of intertidal
or subtidal-lagoonal regimes, with  the layers due to tide or wind influx
of seawater (Schreiber and Kinsman, 1975; Von der Haar and Gorsline, 1975).
Figures 25 and 26 illustrate a modern example from Laguna Ojo de Liebre,
B.C, Mexico, and a wide variety of such structures are illustrated by

Hardie  and Eugster (1971) from the Miocene  Solfifera Series  of Sicily.

There is also evidence for  turbidite deposition of thick banks of anhydrite

(Schlager and Bolz, 1977).

Apparently lamellar anhydrites may be formed in the same wide variety

of environments as carbonate rocks. In many cases the structural evidence

is ambiguous or conflicting, in which case the options of varve, clastic,
algal, or other  origins should be kept open.
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Judging  from modern examples, the carbonate portion of the algal
lamellae and some inorganic lamellae, was probably initially aragonite.
Petrography of ancient varved lamellae suggest that their  carbonate was
either original or early diagenetic dolomite. But typically both  kinds
of lamellae in ancient anhydrite rocks are presently dolomite, in 0.02 to
I-rom  rhombs. In some cases (Permian  Castile Formation of the Delaware
Basin of Texas; Devonian Upper Elk Point Formation of western  Canada) the
dark lamellae of the varve couplets are  (unaccountably) calcite, while in
varve  anhydrites closely associated with  rocks of the potash-magnesia

facies (potash ~ zone of the Permian Salado Formation of the Delaware Basin,

Figure  25.  Clastic lamellar gypsum  sediment, Laguna Ojo de Liebre, B.C.,

Mexico. In the section exposed below the present  evaporite flat, by this
hole, the white layers are gypsum and the black Ilayers are accumulations

of organic  material, including both salt grass and algal debris (but  without
algal  constructs). Scale is 15 cm long. See Holser  (1966a).
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Figure 26. Banded salt and clastic lamellar gypsum sediment, Laguno Ojo
de Liebre, B.C., Mexico. Scale gives depth of core in inches below present
evaporite flat. Mixed salt and gypsum at top, with decreasing salt and
increasing organic  matter  downward.

Figure  27. Isolated nodules of gypsum in red-bed  siltstone, Sewemup Member
of the Triassic Moenkopi  Formation, Pariott Mesa, Grand Co., Utah. See

Shoemaker and Newman (1959).
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New Mexico;  Permian  Wellington Formation of Kansas: Jones, 1965) the car-
bonate may be altered to magnesite, in that case often dead white.

The other dominant and distinctive structure is nodular  anhydrite
(Syn.: pearly, flaser, chicken-wire, mosaic,  mottled, authiclastic).
Typically white  nodular  aggregates of finely crystalline (0.02 nun) anhy-
drite may range from 20 to 50 nunin size, set off by dark streaks  of
dolomitic material. The shape of the anhydrite nodules is typically lens-
like  (flaser), probably  derived by diagenetic compression from originally
more  spherical aggregates. The dark outlining material often is anasta-
mosing, leading to the name “chicken-wire." Such textures are commonly
observed as displacive growths in the carbonate muds of modern supratidal
sabkhas  (review in Shearman, 1979). For these reasons such structures are
widely  acclaimed as evidence for sabkha deposition. Figure 27 shous iso-
lated gypsum nodules in a red-bed sabkha sequence. However, they have
also been found in deep-water evaporites (Permian  Zechstein Series  of
Germany: Richter-Bernberg, 1959; Permian Castile Formation of Texas:
Anderson et al., 1972) overlain by varve-banded halite, as illustrated in
Figure 28. As Dean (Dean et al., 1975; Dean and Anderson, 1978) has pointed
out, the main requirement for the formation of gypsum or anhydrite nodules
is growth under a mud in contact wi.th high-salinity brines. Consequently,
nodular  structure must be used with extreme caution in drawing environ-
mental  conclusions.

The mineral of the modern nodules may be either  original anhydrite

(Shearman,  1966), original gypsum (West et al, 1979) or possibly anhydrite

after  gypsum (Butler, 1969). Of course, subsequent transformations are
usual.

Some thickly lamellar anhydrite may grade into a flaser structure,
giving the impression that the latter has formed by deformation. In  other

cases, the anhydrite aggregates are much less sharp and regular than usual

(reticulated, Wolkena., Knollena.), grading  into  structures that are more
obviously breccias, like  those described in a subsequent  section.

An extraordinary structure of the calcium sulfate facies is what might
be termed pegmatitic (Syn.: macrocrystalline, selenitic): giant  crystals
of gypsum (or pseudomorphs  after  gypsum) centimeters to meters in length,
standing vertically or in near-vertical sheaves. Figure 29 illustrates
a bed of such gypsum from the Pleistocene of Baja California; similar
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Figure  29.  Pegmatitic (selenitic) gypsum rock overlain by clastic
lamellar gypsum, unnamed Pleistocene formation, Puertocitos, B.C,,
Hexico.

gypsum is common in the Eocene of the Paris Basin and the Miocene of

Sicily, and pseudomorphs by anhydrite, halite, or polyhalite are found in
many older  evaporites. Very detailed studies have been done on the Sicilian
material, as reviewed by Schreiber (1978; see also Hardie and Eugster, 1971).
Typical material shows (100) fishtail twins, fins  up, crossed by (120) growth
zones marked by clay or other inclusions. The gypsum crystals evidently

grew free under brine of a depth between tens of centimeters (Von der Haar,

1975) and tens of meters (Beets and Roep, 1978), but the difference of
environment of this texture compared with others has not been determined.

Another  common form of anhydrite rock is dense and massive, structures

being  either subtle  or totally absent. The analog in modern sabkha sedi-
ments may be the commonly observed "mush" composed of small discoidal gypsum
crystals.
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In addition to pervasive replacement of gypsum by anhydrite and vice-
versa,  replacement of carbonates by sulfates and of sulf.ates by carbonates
are found in many evaporite rocks. Small-scale, mostly  microscopic evi-
dence of the replacement of carbonates by anhydrite has been described
from many areas. Large-scale replacement has been claimed by several
geologists, but on much poorer evidence.

The most convincing evidence of at least local replacement of car-
bonates by anhydrite is the presence of fossils or oolites that are now
partly or entirely anhydrite (e.q., Adams, 1932; Dunham, 1948). It should
be noted that some such fossils, in their normal mode of preservation, are
casts that may be either empty or partly filled with  dolomite crystals.

Patch and vein anhydrite in bituminous dolomite from the Permian of England
is well illustrated by Stewart (1951), who has also documented replacement

of carbonate by massive anhydrite on a scale of hundreds of meters in the

same formation. Many other  descriptions of large-scale replacement are
extrapolations of microscopic evidence, without affirmation from either
relict structures or a believable source  of sulfate.

A particular transformation that is widespread in the surface alter-
ation  of anhydrite rock is dedolomitization by reaction between the CaSO4-
rich  waters  generated by solution of the anhydrite, and the dolomite of the
anhydrite rock,  resulting in a coarse calcitic limestone with  or without
residual gypsum (Braddock and Bowles, 1963; Shearman and Fuller, 1969a;

Smith,  1972; Vaughanet al., 1977, West, 1964).

Halite and Potash-magnesia Facies

Both textures and structures are important in the interpretation of
the history of these rocks. Compared with rocks of the calcium  sulfate
facies, preservation of these features is enhanced by their larger scale
and, (in the case of halite) by their lack of polymorphic transformations,
and debased by the easy recrystallization of the salt minerals. Conse-
quently, most features are best observed at low magnification in core slabs,
except for the most opaque cloudy halite for which thin  sections may be
advantageous. A. E. Kliske (Chevron  Standard, Calgary, pers. comm., 1967)
recommends the following procedure. Any original core or rough-sawed sur-
face suffices for  starting material. Smooth a flat on the surface  with
12- to I6-inch flat  machinist's file, graded from coarse rasp cut to fine

cut. Cover the surface with a 2 x 2-inch slide mount or other thin glass
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sheet,  affixed with  glycerine (n = 1.57). Observe with a stereo  microscope
illuminated at grazing incidence from a point-source light. Zonal  concen-
trations of inclusions become more clear as the specimen is rotated so that
they are parallel to the microscope axis.

Some of the most important textures and structures of halite rocks are
listed in Table 10. Cloudy halite is translucent white  from myriad  micro-
scopic  cubic  fluid inclusions. As illustrated in  Figure  30A, these inclu-
sions are typically concentrated along (100) cubic zones in an alternation
of inclusion-rich and inclusion-poor Zones. The zonal Ilaminae are 0.1 to
0.3 mm thick, about what would be expected from a dally alternation of fast
crystallization during  daytime evaporation with  incorporation of a cloud of
fluid inclusions, and slow nighttime evaporation giving clear salt (A. E.
Kliske, pers. comm., 1967). That the laminae incorporate defects  other than
fluid inclusions is demonstrated by the natural or artificial development of
blue salt or other color centers in similar laminae  (P. J. Schlichta, pers.
comm., 1965).

One important manifestation of cloudy halite is in the hopper-shaped
crystals that can be observed floating on the evaporating surface  of modern
salt  pans (novosadka: Valiashko, 1951). The typical uni-directional stepped
surface  of these crystals, due to preferential growth along  (110) and (Il
compared to (100), is outlined by cloudy laminae. The hopper crystals
usually aggregate into  "rafts” of crystals, and within a few days fall to

the bottom of the brine, but their form and surface  origin can often  still

be recognized in the salt rock deposit that may eventually result (Dellwig,
1955).

A second style of cloudy halite is formed on the bottom of the brine,
as the fallen hopper  crystals or broken fragments of them continue to grow.

Growth  continues to prefer (U or (110), but now is mainly upward from
the bottom of the brine. This leads to preferred growth  of those crystals

oriented with  (1ll) up, in which the cloudy Ilaminae form a sequence of up-

ward-pointing chevrons  (Figs. 30B,C; starosadka: Valiashko, 1951b; Wardlaw
and Schwerdtner, 1966). Where chevron halite has been developed, it sig-
nificantly attests to the continued effectiveness of the diurnal cycle,
despite  the overlying cover of brine. The very important conclusion is
that such a texture indicates brine  shallow  enough that the variation of
night to day conditions are not suppressed (A. E. Kliske, pers.  comm.,
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Table 10.  Some Important

Cloudy halite
Hopper  crystals
Chevron  overgrowths

Cubic  crystals

Textures  and Structures in Halite  Rocks
Clear halite
Clear cement
Coarse recrystallized halite
Mineral banding
B C
Figure  30.  Textures  of halite rock. (A)
Zones of fluid-inclusion-rich (dark)  and
-poor  (clear) halite in chevron halite
rock,  30X. (B) Chevron texture, section
perpendicular to bedding, 4.5X. (C) Chevron
texture, parallel to bedding,  4.5X. (D)
Chevron halite, apparently replaced by
clear halite, 3X. It is suggested that

A, B, and C are parts of a once continuous
chevron  grain. All from Devonian  Prairie
Evaporite Formation, at 3275 feet in Winsal
Osler  3-28-39-W3, Saskatchewan, Canada.
From Wardlaw and Schwerdtner (1966),  cour-
tesy of the authors and Geological Society
of America.
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1967; Smith, 1973). However, the controlling physical parameter (e.q.,

temperature, humidity, wind, light, gas evolution in the brine, density
inversion) has not been demonstrated, so how shallow a brine is required
for chevron growth is not yet clear. A complicating factor is the occa-
sional  presence  of fainter ultra-fine lamellae, whose cause is unknown.

Some halite rock, and some modern salt pans, also contain  whole cubes

of halite in which the crystal form and the internal zoning are both sharply
parallel to (100) in all directions (granatka: Valiashko, 1951b). They
have been attributed to recrystallization, but it seems more likely (Shear-
man, 1978) that they represent a post-depositional overgrowth on sedimented
hopper  crystals that preceded upward extension as chevron  texture. In
other  instances halite evidently grew diagenetically as isolated cubes in

muddy sediments.

Clear halite (kornevoi galit: Valiashko, 1951b),  without fluid in-
clusions, is commonly associated with  cloudy halite of any of the above
three  subtypes. In many cases the clear halite appears to fill original

open space among the aggregate of halite hopper  crystals as a cement
(Shearman,  1970); in other cases the clear halite transects laminae  and

crystal boundaries of the cloudy halite and may be considered a replacement,

recrystallization, or ‘“clarification” of the cloudy halite (Dubinina, 1951;
Fuller and Porter, 1969). In many thick beds of clear halite rock only a
few wisps of cloudy halite remain. Recrystallized halite may be coarsened
in grain size, up to several centimeters. Commonly such recrystallized

halite has a mosaic texture like  marble or quartzite, with  smoothly

curving grain  boundaries of random crystallographic direction. This  tex-
ture is almost universal in halite rock of salt domes that has suffered

the heat and deformation of diapirism. Some clear halite may be completely
without fluid inclusions. But particularly where the clarity is a product
of recrystallization rather  than cementation, the halite may appear clear
but at least some fluid inclusions are still present, in either of two
forms: (@ large  fluid inclusions, of several  milimeters or even centi-
meters in size, randomly  situated in the crystal; or (b) sheets of fluid
inclusions concentrated along the curving  boundaries of the mosaic crystals.
The latter are particularly evident in salt dome halite. Bromide and other
geochemistry of both clear halite crystal and its fluid inclusions indicates
that the process of grain growth and fluid aggregation has proceeded in an
essentially closed system with little change in chemistry.
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Mineral ~ banding is a common structure of halite rock. It is analogous
to lamellar anhydrite, but the bands are centimeters thick  compared to
millimeters in the anhydrite (Table 8). A typical couplet is an alter-
naton of clear to transluscent halite, and dark gray to black halite.

The dark color is caused by a dispersion of anhydrite crystals that  diffuse
the light. In some basins the anhydrite is in spherulites (Vakhramayeva,
1956); elsewhere in an equally common type, the anhydrite is concentrated

in one or a few dead-white lamellae (Fig. 28) rather than being dispersed.
Authigenic silicates, such as talc, are not uncommon.  Other banded halite
rock shows the influence of clastic inflow  to the basin, with the dark unit
of the couplet being rich in clay minerals or quartz  silt. The clear and
cloudy textures of halite, previously described, also take part in the
banding. Although  Dellwig (1955) found no regular sequence of clear and
cloudy layers in the Silurian Salina  Salt of Michigan, a sequence  silt-
cloudy  chevron-clear is normal in the Permian Upper Kama Deposits of the
U.S.SR. (Fiveg, 1948; Vakhramayeva, 1956). Banded halite may have the
same variety of origins as lamellar anhydrite.

The smooth and regular bands like those of Figure 28 may generally be
attributed to varve sedimentation. They are continuous and can be corre-
lated for several  kilometers to tens of kilometers (Vakhramayeva, 1956;
Kunaz, 1970). Clastic influences of shallow  turbulent water may introduce
cross  bedding, clasts, and rounding  of grains of anhydrite and carbonate
(Dellwig and Evans, 1969; Treesh and Friedman, 1974). Even diagenetic
growth  of halite in algal  stromatolites has been described (Shearman  and
Fuller, 1969; Treesh and Friedman, 1974).

An additional striking feature of banded halite is truncation of

growth  textures such as chevrons, due to the inflow  of undersaturated

waters  before  deposition of the following band (Fig. 31; Wardlaw and
Schwerdtner, 1966).  Penecontemporaneous solution of halite bands may be
pervasive, with  the residual anhydrite, carbonate  or sit  bands in some
cases being let down so gently as to be virtually undeformed (and the former
presence  of salt  unsuspected) (Schreiber, 1978). Salt  solution is more
usual and more evident in  subrosion related to the present land surface

and ground water circulation, and is evident by brecciation of the imme-
diately overlying evaporite section (Anderson et al., 1972).
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Figure  31. Banded halite rock, with a clay interlayer truncating
underlying chevron halite. ZOX. From Devonian Prairie Evaporite
Formation at 33l1Z feet in Saskatoon  [Z-19-37-4-W3, Saskatchewan,
Canada. From Wardlaw and Schwerdtner (1966),  courtesy of the

authors  and the Geological Society  of America.

A well-documented description of a large variety of textures in halite
rock (Permian  of Kansas) has recently been published by Holdoway  (1978).

Much less work has been done on the textures and structures of the
potash-magnesia facies, and a general  synthesis seems to be lacking.
Figure 7 illustrates varve banding of halite-sylvite in the Oligocene of
the Rhine Valley (Barr and Kuhn, 1967). Because of the much greater tem-
perature coefficient of sylvite than halite, the dark (red) sylvite bands
are believed to represent precipitation during  the high summer evaporation.
The interested reader is referred to particular descriptions of the petrog-
raphy of the potash in the Devonian of Western Canada by Schwerdtner (1964)
and Wardlaw  (1968), in the Permian Zechstein by Armstrong et al.  (1951),
Elert ~and Peter (1975), Gottesmann  (1965), Smith  (1973), and Stewart
(195la,b, 1956), in the Permian Salado Formation of New Mexico by Schaller
and Henderson  (1932) and Jones and Madsen (1968), in the Permian  Upper
Kama Deposits of the U.S.S.R. Dby Vakhramayeva (1956), in the Cretaceous
of Brazil by Wardlaw (197Z) and Szatmari et al. (1979), and the Oligocene
of the Rhine Valley (Barr and KUhn, 1962).
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Chapter 9
TRACE ELEMENTS and ISOTOPES in EVAPORITES

William T. Holser

INTRODUCTION

The ways in which minerals of the different evaporite facies  undergo
minor  variations in  composition while  retaining their ~ dominant  mineralogy
will  be considered in this  chapter. These variations may either  be in
trace element solid  solutions, or simply in different isotopes of the same
elements. The principles of these two substitutions are similar and
familiar to most mineralogists. They will be reviewed in outline form
here.

The distributions of trace elements and isotopes in evaporite rocks
and in their related brines  are potentially useful  both in tracing the
origin of the rocks and brines, and in delineating those  specific con-
ditions,such as temperature and concentration, under which they were de-
posited. Evaporites are particularly susceptible to this kind of analysis
because they represent a chemical  system. We have already seen how the
minerals of the various species  delineate the stage of the evaporation of
a brine, as required for their  precipitation. Trace elements and isotopes
have the potential to discriminate on a finer scale for such parameters as
stage of evaporation and temperature. In addition to the discrete facies

changes represented by the mineral species, solid  solution can give us a
continuously variable measure. This depends on the fact that the distri-

bution  between brine and solution follows relatively constant laws.

TRACE ELEMENTS

Distribution Between Brine  Solution and Solid  Solution

Trace ions compete with regular (or "Carrier") ions for places in both
liquid and solid  solutions, so that although the ratio  of foreign to regular
ions in the crystal is not the same as that in the solution, the ratio  of
the two ratios is a constant (e.g., Mclntire, 1963). To be precise, we
could write an equation for the thermodynamic equilibrium constant
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K (1l

where the activities a are denoted by subscripts for regular  element A,
trace element B, in crystal c or brine b.

This is a physical-chemical relation that remains constant  throughout
all  variations in composition of not only the trace element but also the
other  constituents of the brine, at one temperature. In general K does
vary more or less with temperature. Now activities are difficult to know,
particularly in brines. But inasmuch as the ratio between activities and
concentrations is relatively constant  if the composition of the brine is
not changed radically, we can derive a distribution coefficient, in terms

of the corresponding concentrations,* that will  be approximately constant:
D [2]

And where we are dealing with a particular kind of brine we can assu~e that
saturation of the regular (main) element A, in actually growing  the crystal,
will  have a constant ratio cAC/cAb' from which we derive a practically useful
apparent  distribution coefficient in terms of the trace element concentra-

tions  alone:
[3]

It turns out to be most convenient to discuss  the relations in terms of this
apparent  distribution coefficient, despite  the fact that it may show some
variation with  composition of the brine, as well as with temperature.

Whether we consider the ideal thermodynamic  or the apparent distribu-
tion  coefficient, the important thing is that it tells us the way a trace
element divides between a crystal solution and a brine  solution. As we
shall see, this not only gives information concerning the trace element
composition of the particular brine  from which a given crystal grew, but
it also leads to progressive accumulation or depletion in a brine as
crystallization proceeds. The resulting "profile" of trace element compo-
sition in the crystals growing from a sequence of brines may give some clues

concerning the conditions under which the sequence accumulated. Finally, the

*Units  of concentration should be consistent, and in equation 3 d should be
in mass units  (such as ppm by weight or moles/kg); for other units the
values of the distribution coefficients D or d will be different than

given in Table 1.
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relations of trace elements in solid  solution can help to distinguish

"second-cycle" brines  formed by the solution of marine  salts, or the
second-cycle salts  crystallized from such second-cycle brines. Before
discussing the various  kinds of trace element profiles and their inter-
pretation, however,  some data on the distribution coefficients will  be
useful.
Distribution Coefficients

Distribution coefficients depend on the relative ease with which the

trace element can replace the main element in the crystal and in the brine.

lonic  size, charge, and bonding type, relative to the regular ion in the
crystal structure, are the most evident  fundamental characteristics that
may govern this relation. However,  distribution coefficients must generally
be measured, either directly in the laboratory or indirectly by observing
relations of rocks and brines, rather ~ than by derivation from the funda-
mental  parameters involved. The distribution coefficients known  for
evaporite minerals are listed for  reference in Table 1.

Of these distribution coefficients, the one with the longest history
of application to a wide variety of problems is for bromide in halite.
The applications will  be discussed in  detail in a following section.

Careful laboratory studies  of bromide  distribution coefficients were
made on artificial solutions that  effectively approximate seawater  (Braitsch
and Herrmann,  1963) with the results indicated in Table 1. The expected
bromide  contents of halite have been well  confirmed by measurements  in
modern  artificial (Hermann,  1972; Hermann et al, 1973) and natural
(Holser, 1966a) marine salt ponds. Since Table 1 was compiled, the work
of Valiashko et al. (1976) has been published; it is an extensive re-
inve~tigation of synthetic systems  similar to that of Braitsch and Herr-
mann (1963),  generally confitming their  results. Valiashko and Lavrova
(1976) have provided further confirmation from an entirely different direc-
tion by comparing the composition of fluid inclusions with  enclosing crys-
tal, and showed that the ratios scatter around the above described experi-
mental  values, regardless of age, all the way back to the Cambrian. Other
experimental determinations give  distinctly lower values of the distribution
coefficients, so while  the well-documented higher  values should be used, it
should be with some reservation (see footnote to Table 1).
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Table 1. Distribution for Trace Elements in Evaporite Minerals, at 2S°C (78iF)
(+ values in square brackets refer to last decimal place.J

Apparent
Distribution distribution
coefficient, D coefficient
Element Mineral (Eq. 2) (Eq. 3) Reference and remarks
Br Halitea 0.032[2J 0.13 [ Sea water, 33-42iC: Hermann (1972)
0.40-0.025 0.14-0.07[1J Braitsch S Herrmann (1963) decreasing from
pure NaC! solution as MgC12 added (Fig. 1)
0.12[3Jb Valiashko & Mandrykina (1952), from salt
lakes of approximately marine composition,
by various methods .
0.016 0.066 Sea water: Bloch & Schnerb (1953)
0.014 0.053 Pure NaCl solutions, 40iC: Puchelt et: al .
(1972)
Sylvite 0.21 0.81 [53 Pure KCI solutions;
0.73 [4J Carnallite solutions: Braitsch & Herrmann
(1963)
0.17 0.66 Pure KCI solutions, 40iC: Fuchelt et al.
(1972)
Carnallite 0.32 0.55b PuchelLt et aL (1972)
0.30 0.52 [3J Braitsch & Herrmann (1963); KUhn (1968)
Other potash
minerals See Kuhn (1968)

a Correspondence with the authors involved has failed to resolve completely the discrepancy be-
tween the high values of Braitsch & Hermann, Valyashko & Mandrykina, and Kuhn, v3 the low values
of Bloch & Schnerb, and Puchelt et: al . Puchelt asserts that the high values obtained by others
are due to fluid inclusions, which he has eliminated by very slow growth in a thermostat, but
both Holser (1966) and Herrmann ei: al., (1973) have made water determinations from which it can be
calculated that brine inclusions do not give significant corrections to their results. Herrmann
supposes that Puchelt s experiments give values that are too low for application to the natural
situation of evaporite rocks, because Puchelt's crystallization rate was very slow. Herrmann
(letter of 12 Sept., 1972) says, “The relation of impurity distribution to growth rate in the
crystallization of isomorphous systems from solution is a known point, . but Wardlaw (1970) had
previously shown that fast rate of -crystallization gave an increase of only 20%in d for Brin-
sylvite. Bloch & Schnerb comment (letter of 10 Jan., 1971) on the differences of their experiments
from those of Braitsch & Herrmann: (1) “Braitsch & Herrmann's results are based on evaporation
trials with  artificial solutions ... We took for our evaporation experiments natural Mediterranean
sea water ... The MgS04 may have some influence ... The NaC! content of our mother liquor was 21.5%
and the experiments of Braitsch & Herrmann showed a NaC! content of 23.14 - 23.42%." -- but later
(1972, 1973) Herrmann did repeat his results with Mediterranean sea water. (2) "We analyzed the
very first precipitate of halite starting from 20 liters of Mediterranean sea water. Braitsch &
Herrmann started from 1-3 liters and they get 10-20 gr "Bodenko rper"™ in the case of halite. We
know that with increasing amounts of halite precipitates the B'r* content in this precipitate in-
creases considerably .. 1 - but it is easy to calculate (e.g ¥ Fig. 5) that such integration of
crystal crops will never double the average Br value. Herrmann comments (letter of 11 Dec.,
1970). “Indeed, it is very difficult to explain ... From my own experience I know that the crystal-
lized NaCl must be formed under stability conditions. Only then is the reproduction of the bro-
mine partition coefficients possible. Unfortunately Bloch & Schnerb don't write under which
condition the sea water was evaporated.” -- but in his 1973 paper Herrmann seems to be arguing
the other way, that Puchelt et: al. (and Bloch & Schnerb?) were low because they slowly crystal-
lized, and presumably did have equilibrium conditions, whereas the crystallizations used by
Herrmann were faster and corresponded to the natural conditions. Herrmann at al , (1973) conclude
that "It seems that the growth rates of halite in natural conditions, and consequently the bro-
mine partition coefficient for halite. may be variable. However, investigations of this phenome-
non (d VS growth rate] are necessary in any case." I find it difficult to believe that a faster
growth rate can account for a two-fold increase  especially when so many different experimenters
using different techniques and starting material have arrived at the same larger value. But an
experiment could lay that theory to rest -- if it did we would be left with an unresolved dis-
crepancy. See text for new data by Valiashko.

b Estimated here from a distribution coefficient published by the author in a different form.
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Table 1, continued
Apparent
Distribution distribution
coefficient, D coefficient
Element  Mineral (Eq. 2) (Eg. 3)
Halite <0.003b -c.ciE
K Halite 0.0015 0.006
<0.0008 <0.003b
Aragonite 0.0005
Na Sylvite <0.0013 <0.00Sh
Aragonite 0.0004
Rb  Halite 0.002[1J .0.007[4Jb
Sylvite 0.087s[IsJ 0.34[6Jb
0.099[16J 0.38[6Jb
0.08s[4J 0.33[2J
0.16[1J9b 0.83[4]
0.09[3J 1.3s[sJ
Carnallite 1.8[sJ 36[1)
2.17111 19
3.0[13 12s[sJ
1.87b 22[13
Other potash
minerals
Cs Halite <0.0002 <0.0007b
Sylvite 0.000172[12J
Carnallite 0.96[12J
Kainite 0.003[15J 0.006[3Jb
NH4 Halite <0.002 <0.007b
Sylvite 0.082[9J
Mg  Aragonite 0.001
Calcite 0.20
0.33
Ca Halite <0.16
Sylvite <0.002
Sr  Aragonite 1.12[43
Calcite 0.14[2J
Dolomite "1.0
Gypsum 0.25 [sJ
0.18[2J
0.21[1]
Anhydrite "0.35
0.37[3J
Sylvite <0.002
Sa  Sylvite <0.0001
B Anhydrite 0.000x
MIl  Calcite 16.2
Zn  Calcite 4.1[13
15[3J
Tl Halite 0.0003
Sylvite 25
Carnallite 0.7 [2J 33[1J
Pb  Sylvite 4[51)
c D for K in NaCl was given by Puchelt in his oral
and has not yet been published.
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Reference and remarks

Schobert (1912)

Puchelt (1972)C
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Figure 1.  Apparent  distribution coefficient d, for bromide in
halite crystallizing from MgC12-bearing brines (Holser, 1966h,
after  Braitsch and Herrmann,  1963). The mineral names correspond

to evaporite facies in seawater  from which MgSO4 has been removed.

The distribution coefficient decreases  rather  sharply  with the in-
crease  of MgCl2 concentrations in the brine, corresponding to the first
half  of the halite facies (Fig. 1). Kuhn (1968) suggests that this s
caused by the known complexing in MgClZ-rich solutions. Experiments by
Braitsch and Herrmann (1963) and Valiashko et al. (1976) established that
other common seawater = components  such as K+ and SO? * have no measurable

effect on the bromide distribution coefficient.
Effect  of Temperature

As mentioned  previously, distribution coefficients are generally
affected by temperatures; however,  bromide distribution coefficients only
rise less than one percent with a rise in temperature of 5jC. The effect
is nearly the same in the three minerals halite, sylvite, and carnallite.
Within ~ the range of temperatures encountered in crystallization of brines,
the values of d (for Br only) given in Table 1 can therefore be considered
constant. The pressure  effects have not been measured, but theory indi-
cates they would not be of any consequence even for the case of deep burial

Braitsch (1963, p. 141) pointed out that this constant d when com-

bined with the high-temperature coefficient of solubility of sylvite

(Fig. 6 in Chapter 8) or carnallite, results in a strong increase  with
temperature of the bromide content of the first sylvite or carnallite to
be deposited in a basin; he used this to study the variation of temperature

300



with  time and position in the Oligocene Rhine Valley  deposits (Braitsch,
1966).

Surface  and Kinetic Effects

Al of the above discussion of distribution coefficients assumes
thermodynamic equilibrium between the crystal solid  solution and the
liquid solution. This means that, at any particular stage of the crys-
tallization, the concentration of trace ion in the bulk of the crystal
is in equilibrium with  the same kind of ion in the bulk of the solution.
We are only talking here about some thin layer of crystal formed  recently
from  substantially the same solution--we of course do not require that all
previously formed crystal is of uniform  trace element concentration and
inequilibrium. But other things can upset the equilibrium situation.
In the first place, the structure of the surface layer of the crystal and
of the surface layer of solution may be sufficiently different from the
bulk, that there on the surface where things are happening, the equilibrium
between these thin layers may differ (in  either  direction) from  bulk
equilibrium. Furthermore, if the crystal is growing  rapidly, it may
grab up some extra trace element that does not represent equilibrium

in any sense.

If crystallization is fast, the surface layers are more likely to
be different from the bulk, and diffusion in the formed crystal is less
likely to restore bulk  equilibrium. So both the surface and kinetic
effects can modify trace element distribution during  fast crystallization
in  certain cases. Most  experiemental studies  of distribution coefficients
seek to establish an equilibrium situation, and the extent of Kkinetic
variations. Among the distribution coefficients in  evaporites (Table 1),
those for K+ in sylvite (Wardlaw, ~ 1970), S+ in aragonite (Kinsman, ~ 1969),
and possibly Sr2+ and other elements in anhydrite (Dean and Anderson,

1974) have been shown to have kinetic effects.

Distribution of Trace Elements in Simple Evaporation

A direct consequence  of the distribution coefficient is that the
trace element is unevenly  distributed between the growing  crystals and
the brine. In most cases such crystals do not react further and their
removal from the system aggravates the segregation of the trace elements.
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Thus, if a trace element has a distribution coefficient much less than
one, such as bromide in halite, the trace ion is only slightly taken into
the crystal and strongly segregated into the brine. Each batch of crystals
removed from the brine  further increases the bromide content of the brine.
On the other hand, if a trace element has a distribution coefficient some-
what greater than one, like rubidium in carnallite (Table 1) the effect
is opposite: The crystals soak up rubidium leaving less in the brine,
and the more crystals that grow, the less rubidium in the remaining brine.
Finally, if a distribution coefficient is near to one, as with the sulfur
isotopes (see below), the crystals of gypsum or anhydrite will  mirror  nearly
exactly the tracer  composition of the brine, in whatever way it may be
changed by inputs and outputs to the system. Figure 2 diagrams  graphically
the first case in which the distribution coefficient D is less than one,
and the ratio e of concentrations of trace element B to main element A
gradually builds up with time from an initial value of r~ at the base,
through  successive layers  of the crystals to values t:'C¥

BRINE

1

TRACE ELEMENT
RATIO
(@
br

BRINE w -

CRYSTALS

r~ . Orb

TRACE ELEMENT
RATIO
(b)

Figure 2. Model for trace element concentration r = cBlcA in brine and
crystals, for distribution coefficient D < 1 (reprinted with  permission
from the Second Symposium on Salt, Holser, 1966).
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The exact way in which the trace element concentration changes, as
larger  and larger  fraction of the main component is crystallized, is found
by integrating the instantaneous distributions (equations 2, 3) according
to Rayleigh's Law. If the amount (mass, volume, or thickness) of crystals
deposited up to some level is m', and if the total amount that would deposit
if  evaporation were complete were mit, then the fraction yet to be crystal-
lized is (m"-m’)/m". There is a logarithmic relation between this  factor
and the trace concentration ratio:

r-C m"-m'
In(ro) = (D-I) In(--;nn-) [4]
(o3

In words, as a larger and larger fraction of the brine is precipitated, the
trace  element concentration ratio  follows a logarithmic curve, shown sche-
matically in  Figure 2.

A practical "trace  element profile," which  analogously plots  trace
element  concentration Cge against  thickness, is similarly logarithmic.

We have seen several lines of evidence indicating that  simple
evaporation is not a common mechanism for the crystallization of any
consequential thickness of evaporites. However, that simple model is
useful  in demonstrating the general nature of trace element profiles.
Consideration of the governing equation 4 suggests  several  deductions
that can be made from the profile. First, the lowermost  crystals are a
sample of the original brine, undistorted by the effects of subsequent
crystallization; consequently, if you know the distribution coefficient
for the element and mineral, you can calculate the concentration of the
trace element in the original brine, using  equations 2 or 3. This trace
element  ratio in the original brine  may be indicative of its source, for
example, whether it is seawater or is derived from the solution of older
evaporites. Second, the rapidity with  which the trace element changes
with  thickness, that is, the slope of the profile, is a measure of the
size of the body of brine. If the body of brine from which salts are
crystallizing is large, then a trace element cannot accumulate or deplete
very  quickly, even if its distribution coefficient is much less or much
greater  than one, respectively. If the.body of brine has a relatively
small volume its trace element content can change rather rapidly, leading

to a consequent  change within a small thickness in the trace element
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profile of the salt. In other words, sharp changes of trace element
content  indicate shallow  depths of brine and unchanging  profiles indi-
cate deep bodies of brine.

Third, any point on the trace element profile indicates how far along
evaporation has taken the brine towards complete crystallization of the
main  salt. That is, the trace element content at any point in the profile
is a measure of the stage of evaporation. Al of these  qualitative
aspects  will  be considered further, with @ more realistic model for the

basin.
Distribution of Trace Elements in a Basin with Inflow and Reflux

The important evaporite basins that concern us must have had a con-
siderable amount of inflow of new seawater and reflux of concentrated brine
back to the sea. So we now consider how trace elements will be distributed
in a basin in which the inflow, reflux, and evaporation constitute a regime
that is constant for a period of time sufficient to build up a piece of
a trace element profile. This regime may be characterized by a single
mass-balance factor  that describes how the composition of the reservoir
is changing relative to crystallization (Holser, 1966; see also Kuhn, 1968):

Differential change of the amount of regular element A in solution
Amount of this change due to crystallization

Differential change of the amount of regular element A in solution

-(Change of the amount of regular element A in crystals) &

For example: Simple  evaporation involves no inflow, all the change in the
amount of A in the solution is due to crystallization, so for this simple
case g = I, for constant volume, there is no change in the amount of A in
solution, so g = 0; if inflow is even more important, g is negative.

We also need to take into consideration the trace element concentra-

tion ratio of the net flow of solution into and out of the basin:

[6]

Now the distribution equation  will be of the same general form as equation

4 for simple evaporation, but will  include the factors g and re in the

following way:

'(D- + -)D
In i((;~ 9 - gl 't Dg In  (m"-m) 7]

r~(D-g) ¥ (g-hDrg 9
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For straight evaporation, g = 1.0, and the equation reduces to the Rayleigh
Equation 4. For a constant volume of brine in the basin, which is probably
a very useful and often  approximated geological model, g is zero and a

special equation applies:
r~-rf m'
n rO _r =-Dm" [8]
C f
It is not the purpose to discuss any intricacies of such theoretical
equations, but only to indicate some general  principles that can ~e derived
from  their consideration.

Figure 3 indicates the variety of curve shapes that can be attributed
to changes of the evaporation regime g with increasing importance of inflow
versus  evaporation from right to left. The main reason for showing these
theoretical curves is to emphasize that none of these have maxima, minima,
or even inflection points. Therefore, when (as is commonly the case)
such anomalies do occur in trace element profiles, it means that some
factor in the evaporation regime must have changed; such shapes cannot
be derived from any combination of continuing and uniform  conditions in
an open evaporite basin. Stated another way, smooth profiles (either
constant or rising or falling, even sharply) of a trace element indicate
uniform  conditions of the amount and composition of inflow, reflux, and
evaporation; irregular profiles indicate many changes of these conditions.

A second consequence  of the general profile equation is that the trace
element content at any point on the profile is still a measure of the over-
all stage of evaporation of all the brine in the basin at that time. That
is, the trace element ratio  still tells how far along the process of
evaporation has proceeded, despite the inflow  and outflow.

Another  consequence  of the unique relation between trace element
composition of brine and such profiles is that different parts of a basin
in which salt is crystallizing should have profiles of correlative shape.
If the basin is well mixed, the profiles should also match in their level
of trace element content. On the other hand, if precipitation is taking
place from brines  of higher stages of evaporation, in parts of the basin
farther from the oceanic inflow, such profiles may show similar form,
due to changes with time of the conditions of inflow  and reflux, but at

a higher  general level indicative of their  further stage of evaporation.
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0 reo
TRACE ELEMENT RATIO IN CRYSTAL. rC
Figure 3. Trace element profiles in an open system in various
evaporite regimes. The factor g (equation 5) increases from left
to right, as evaporation increases relative to inflow. D is con-
stant and less than one, and the trace element inflow  concentra-
tion rf is low, for all curves (reprinted from the Second Symposium

on Salt, Holser, 1966),

Bromine  Geochemistry

The geochemistry of bromine is particularly important in evaporite

rocks, because (1) it can be studied in any of the several chloride-bearing

minerals; (2) a great deal is already known about the distribution of
bromide in such minerals, both by experiment and the analysis of actual
evaporites; and (3) the geochemistry of bromine is on the whole strongly
conditioned by its role in the evaporite cycle.
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General  distribution of bromine in rocks and waters is outlined in

Figure 4 (Holser, 1966b). The keystone  of bromine  geochemistry is sea-
water, where the content of 65 ppm constitutes the major reservoir of that
element. By the time the seawater has evaporated to saturation with  halite,
the bromide  concentration has reached about 510 ppm. From the distribution
coefficient, Table 1, one can then calculate that the first halite to
crystallize should have SIOX (0.14+0.01) = 65-75 ppm Br. Then, as
evaporation proceeds, either  with or without inflow, bromide is segregated

into the brine and rises in both brine and succeeding crops of crystals,

as in the model curves of Figure 2. The theoretical curve is shown in
MULTICYCLE u
FRESH- WATER 2 el
EVAPORITES ( BRINE
MULTICYCLE nthe ond. | -
MARINE CYCLE SYOLE | CYCLE
EVAPORITES HALITE HALITEI ( RINE

-
<

PRIMARY
EVAPORITES HALITE

BASAL HALITE

(UNCERTAINTY) \ |

SEA-WATER ~

CONNATE
WATERS

THERMAL
WATERS

ATMOSPHERIC L
SEA SALT 100,000 10,000 1000 100 10

cIBr
wt. ratio

Br/NacCl ppm

Figure 4. Distribution of bromine in rocks and waters  (reprinted from
the Second Symposium on Salt, Holser, 1966).
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Figure S. Ideal bromide profiles in halite rock,  corrected for the
variation in distribution coefficient with  brine  concentration (Fig.
1). The ordinate represents the fraction to which an original
fictive depth of brine has been filled by solid salt. Note that
bromide content is the same measure of evaporation index (see Table 1,
Chapter 7, this volume), regardless of inflow  regime. Reprinted with

permission from the Second Symposiumon Salt, Holser (1966).

Figure 5 for both zero inflow and constant  volume, allowing for the variation

in d of Figure 1.

In Figure 5 the mass crystallized, m' (Fig. 3), is replaced by a corres-
ponding but more practical value of the thickness of the salt formation,
relative to the fictional depth that the brine would have had if the basin
were  cylindrical. The bromide content of such an idealized curve  rises
to nearly 200 appm, at which point  minerals of the potash-magnesia facies
begin to crystallize with  even greater  bromide  contents (Table 1). The
variation in bromide content of a succession of brines and crystals is
also indicated diagramatically in the center of Figure 4.
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The bromide content of halite is extensively used as a prospecting tool
for potash  deposits; as one example, a profile of the Salina salt in
Michigan  presented in 1965 (Holser, 1966b) led to the discovery of potash
beds in that formation in 1966 (Anderson and Egleson, 1970). Re-solution

of salt rock of course causes an equivalently high CI/Br ratio in the
resulting waters, and a consequent  extremely low Br content in salt crys-
tallizing from such waters in a "second-cycle" evaporite. As a consequence
of these crystallization paths, bromide analyses fall into  four categories:

(1) seawater and derived  formation waters,  with CI/Br near 300, trending

down to 200; (2) marine salt rock and river or formation waters ~ formed by

their  dissolution, with  CI/Br in the thousands; (3) second-cycle evaporite
rocks  (or waters dissolved from them) with ClIBr in the tens of thousands;
and (4) brines  residual to the crystallization of salt rocks ("bitterns"),
with  Cl/Br often less than 200. Although the ideal cases here are very
distinctive, real waters and salts tend to have a complex origin, so that
many intermediate cases are actually found. Meteorites, volcanic gases,
and some thermal waters lie in the general range CI/Br = 500 to 1500.
This is between the two main surface  reservoirs of these halides, which

would be expected if they represent any kind of sample of average primor-

dial  halides.
Bromide  Profiles

Although ~ the general outlines of the geochemistry of bromide can be

understood in terms of the segregation between brines and salts as dis-
cussed above, the distribution in many evaporite rocks does not approximate
the ideal profiles on Figure S. Many such profiles are now available from

salt  sequences  throughout the world and for ages back to the Late Protero-
zeoic. In  general, these  profiles reflect a wide variety and a general
complexity of evaporative history. The subject has been reviewed by
Holser  (1966a), Kuhn (1968), and Raup and Hite (1978).

Figure 6, from the second cycle of the Permian Zechstein 2 (Schulze,
1960, p. 181), is just about as ideal a profile as may be found anywhere.
Figure 7 is a similar but  slightly more irregular profile from Salt 3 of
the Pennsylvanian Paradox  Formation in Grand County, Utah (Raup, 1966).
Although  these are developed on scales that differ by an order of magnitude,

both curves show a long steady rise through the central portion of the
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profile, terminated in a sharp rise at
the top of the formation. In the casea
of the Zechstein 2, this rise  coincides
with  the development  of the world-famous
Stassfurt potash bed; potash has not vyet
been found at this particular horizon in
the Paradox Formation. In accordance

with  the principles outlined above, the
rather  sharp change near the top of these
salt series  attests to an important change
of some kind in the regime of inflow,
evaporation, and reflux; a probable in-
terpretation is that inflow  was virtually

cut off, leading to a sharp rise in

evaporation stage and eventual precipi-
tation of potash minerals. The profiles
differ at the lower end. Initial sharp

rises such as that of Zechstein 2 are
incompatible with  the later  slow rise,
and have been attributed to some kind
of post-depositional alteration that is
not yet well understood. The negative
slope at the base of Paradox 3 is prob-
ably due to hold-over of bromfde--r Lch
brine  from a preceding evaporite cycle,
as discussed below.

Bromide  profiles are commonly much
more irregular than the ideal example

described above. A profile through  the

Figure 6.  Typical regular normal  bro-

mide profile, in the salt-potash sequence
of the Permian Zechstein 2 (Stassfurt
Series), Aschersleben, Germany (DDR)

(Holser, 1966, after  Schulze, 1960,
p. 99). A short distance below the
top of the profile the slow, regular
climb  of bromide content increases
sharply, probably  because of a change
to simple evaporation leading to the
potash bed at the top.



Devonian  Prairie Evaporite in Central  Alberta,
DEPTH i i i -
(DERTH shown in the wupper part of Figure 8, is typ
2220 - ical  of such profiles. It was early recog-
2230- nized that such irregularity” 44 requires
a modification of the conventional picture
2240 -
of an evaporite basin  with  uniform  inflow
2250 -
and reflux ..¥ It is difficult to see how
2260 -
the irregularities observed could be per-
2270" -
petuated in the presence of the flywheel
2280'-
effect of a body of brine continually over-
2290' -
lying  the depositing body of salt" (Holser,
2300 -
1966b, p. 260). The years since that obser-
10t vation  have seen a pervasive attribution of
23207 . evaporites to the sabkha model, including the
2330" - . Praiie  Evaporite  (Naiklem,  1971; Fuller  and
2340 - ',' Porter, 1969). Irregularity of bromide pro-
2350~ " files is consistent with  the intermittent
2360 - aerial exposure  and dessication of the sabhka
n 100 150 100 150 regime, and this interpretation has been ap-
Br in HALTE,  ppm pied to the Miocene salt of the Mediterranean
Figure 7. Regular  bromide (Kuhn and Hsu, 1975). The irregular profiles
profile in_Salt 3 of the could also be generated in a brine  shallow
Paradox  Formation, Grand 9
Co., UT, smoothed by 10-t enough to permit quick buildups of bromide,
(five  analyses) moving )
average. (Reprinted by but  conversely, smooth  profiles are good
permission from the Second evidence  for deep brine  deposition. For
ngg;smm on Sa, Raup, many observed examples the limit is surely
a few meters.

Many smooth bromide  profiles, or even irregular profiles that have been
smoothed by averaging bromide  compositions over thicknesses of 10 to SO feet,
show a more or less regular rise and fall  suggesting long-term evaporative
cycles. Figure 9a gives an example from the Leine series, the Zechstein 3,
overlying the Stassfurt Series of Figure 6. This profile shows, after an
initial drop in bromide content at the bottom of the formation, two prominent
peaks where the bromide content reaches about 200 ppm. Features  such as this
may be recognized throughout a large part of an evaporite basin, and serve
to identify the particular evaporite series as well as possibly being  used
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Figure 8. Bromide  profiles through the Elk Point Group in the Alberta
Basin, Canada. Detailed analysis for a IO-foot zone indicates the ex-
treme  variability. Solid symbols are gray, cloudy, possibly primary
salt, and open symbols indicate clear, white, possibly recrystallized
salt (see Chapter 8, section on Textures and Structures in Halite Rock,
this  volume). Reprinted with  permission from the Second Symposium on
Salt, Holser (1966).
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Figure 9. Bromide  profiles in the lower part of the Leine Series, Zech-
stein 3: (a) profile at Stassfurt, Germany (DDR) showing two cycles  with
strong maxima; (b) comparison of generalized profiles at various sites
from the edge towards the center of the basin. After Schulze (1960).

312



for time-correlation of particular parts of the series. An important fea-

ture of such profiles is that the bromide contents at the beginning of the
sequence and at the peaks may both be greater in one locality than in
another. This fact has been interpreted by Schulze (1960) as indicating

a beginning of precipitation in the locality of low bromide content, which
then does not commence at another point  until the bromide content of the
whole basin  has risen. In the Zechstein basin (Fig. 9) this means begin-
ning of salt crystallization at the edge of the basin on the south, before
it began to fill in towards the center. On this model, however, it is
difficult to see why the peaks should also be higher in the center of the
basin. Although  the interpretation of such profiles is not vyet Cclear, it
is evident that their  characteristics are in some cases so distinctive that
such comparisons  will  be very wuseful in working out a model for brine cir-

culation and crystallization.

Raup et al. (1970) have described similar correlatable profiles from
the Pennsylvanian Paradox salt of Utah-Colorado, and applied these to the
detection of horizontal salinity gradients in the depositing basin.

In  Zechstein 3 the rather steady decrease following the second peak

continues (not shown) for an equal thickness to the top of this series; a
similar decrease is evident in the wupper part of the Prairie Evaporite
(Fig.  8). In accordance  with the general theory (Fig. 3), such decreases
are a natural consequence if the evaporation regime is regressing back
through  the halite facies due to excessive inflow (as on the left side
of Fig. 3). In other cases, as in Zechstein 2 (Fig. 6) and Paradox 3
(Fig. 7) the salt formation tops out at a high value; this high value may
continue  to be evident at the base of the next overlying salt bed, the
Zechstein 3 (Fig. 9) and the Paradox 2 (Raup, 1966, p. 241), respectively.
This had led to the suggestion that such basal high bromide contents  repre-
sent a carryover of bromide-rich brine  from the preceding cycle  (KUhn, 1968,
p. 455), perhaps expelled from intervening shale beds (Raup, 1966). In
support  of this idea, such initially high and rapidly dropping  bromide
profiles are not found in the earliest salt in a given basin, but only in
later  sequences.

Figure 10 shows an even steeper and greater decrease in bromide at
the top of the Wellington Formation  in the Permian of Kansas. The later

Permian  Nippewalla Group has an even lower bromide content, averaging less
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Figure  10.  Bromide profile in the Permian Wellington Formation,
Kansas. Crosshatching is mainly salt, vertical lines  are anhy-
drite, and dashed lines are shale; for detailed section see Jones
(1965). Note sharp drop in bromide at the top of the section,
caused by inflow  and/or  recrystallization. Reprinted with  per-

mission  from the Second Symposium on Salt, Holser  (1966).

than 5 ppm (Holdoway, 1978). This bromide content is so low that it could
not have been the result of a simple dilution with  new seawater. Apparently,
the uppermost parts of the Permian in Kansas are at least in part second-

cycle salts (Fig. 4), which Kuhn (1968, p. 455) has called “"descendent

salts." The occurrence of such second-cycle salts  are naturally more

likely at the top of a salt sequence, and they also require tilting or
general  uplift of a previously deposited salt in some part of the basin,
in order to facilitate re-solution.

In some basins the bromide content is so extremely low, and contin-
uously so, that it could not have been formed by even numerous cyclings
of solution in  seawater. Five hundred feet of salt core from the
Rotliegendes Formation, in the Lower Permian underlying the Zechstein in
the Heide Field, near Hamburg, Germany, all has bromide content in the
range 25 to 45 ppm Br. This  formation is surrounded by red beds and
was already  thought to be non-marine, and the source of the chloride may
be in salt domes of the Devonian Pripiat and Donete basins  (Holser, 1979).

Several hundred feet of salt rock in the lower EIk Point Subgroup underlying
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of che extensive and well-documented data from many core and mine samples

extending through  several  thousand feet of evaporites of both the Castile
and Salado Formations. In general  form the profiles are ordinary, starting
from low values, building up slowly and steadily in several cycles, then
more  quickly and irregularly into the zones near the top where they move

into  the potash-magnesia facies (600-900 feet depth in Fig. 11). The
anomaly is that the entre basin seems to be deficient in bromide by a
factor ~ of two or three. The profiles stat at the low value of 20 ppm,
are into the potash facies at less than 60-70 ppm Br, and even the sylvite
and carnallite are correspondingly low in bromide. On the face of it, this
would seem to indicate halite redissolved by at least seawater  (Holser,
1966b, p. 262; Adams, 1969). Subsequently, we have made bromide analyses
at one-foot intervals from the long core of Union Sotex University 37-4,

75 miles south and one-half mile  below the previous main source  of infor-

mation in the Carlsbhad potash  district (described by Anderson et al, 1972).
The low values found there (smoothed data in Fig. 1) are not only completely
consistent with  the previous  work in the Carlsbhad  district, but the profile
in the regularly varved  Castile Formation is unusually smooth,  suggestive

of uniform  conditions in this deep basin. It seems difficult to derive

such a large body of uniformly low-bromide salt by solution and redeposi-

tion of salt from the earlier Permian  evaporites to the north, so the
mystery is still unsolved.

An analogous  method of study can be applied to Br analyses of brines,
using the general concept laid out in Figure 4. Various  Soviet  authors,

and more recently Rittenhouse (1967) and Collins (1967) in this  country,

have applied bromide analyses to deduce the origin of oil-field waters.
The details of such relations, however, are best displayed in a modern
evaporite, where the various changes can be caught in the act, or nearly

so.  We assisted D.J.J. Kinsman  (Patterson and Kinsman, 1977) to demonstrate
in the Persian Gulf area that the sabkha evaporites are marine on the sea-

ward edge and non-marine on the landward edge. On the landward  side,

ground waters  seeping from the desert area have undergone capillary con-
centration in the same way as the more commonly recognized supratidal

marine  sabkha deposits .. A sequence of brines from these sediments, numbered
approximately along a section from the lagoon (No. 1) to the interior (No.
15) is plotted in Figure 12.  As discussed above, Cl/Br is sensitive to the

316



_ EVAPORATION OF SECOND-CYCLE
10

- NON-MARINE

WATE~
I-
I-

5 ! |

1
A

-
:i,OTE:"?

[
1-
1 |

10
|

EVAPORATION OF 3

MARINE WATE~
I_ ’ RESIDUES OF HALITE
- CRYSTALLIZATION

lL ,_SHPM L] VV|"""

ij.J
10°
Cl,ppm wl
Figure  12. Use of bromide and chloride analyses to trace the
history of evaporation and mixing in a modern sabkha, Persian
Gulf. Sampling and chloride analysis from Patterson
(1977) .

and Kinsman

origin of the water

as marine  (Cl/Brv300)
marine  salt

as second-cycle solution of
(CI/BrviO00), and brine  residues of halite crystallization

(ClI/Br<2S0). Chloride concentration, plotted on the horizontal axis, Is

indicative of evaporation, up to halite saturation. Some of the conclu-

sions that can be reached from this diagram are as follows:

I. Most of the brines can be explained as the result of evaporation
and/or mixing of two sources of water.

2. The landward, non-marine water is second-cycle from the solution of
marine  halite, either old salt rocks or wind-blown halite from modern
sabkhas, and not from wind-blown sea spray that is found in
rain.

normal
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3. Al waters seaward of number 7 are probably purely marine, and all

those landward of number Il are porbably  purely nonmarine.
4.  Four samples have a mixed marine-nonmarine origin.

S. Al of these mixed waters are saturated or nearly so. This means
either that mixing took place near the surface after  evaporation, or
that if mixing took place before evaporation, sampling was not suf-

ficiently deep to obtain any mixed but not completely evaporated  waters.

6. Two samples have low CI/Br indicative of residues of halite crystal-
lization. Although  halite is not presently found as a permanent
mineral ~ of the sabkha, these numbers indicate that halite crystalliza-
tion has been sufficiently important to segregate such brines, even
though the halite may have been subsequently dissolved by fresher

marine  water.

The coordinates of CI/Br and Cl in Figure 12 are similar to those
used by Valiashko (1956). Chloride is preferable to the ‘"total solids"
used by Rittenhouse (1967) because it confines attention to geochemically
related elements. Processes  of evaporation, mixing, crystallization and
various chemical  reactions would of course be best confirmed by plots  of

additional components  determined in the brines.
Rubidium  Geochemistry

As an alkali element  rubidium (also  cesium) might be expected to
substitute in evaporite minerals for another  alkali element, potassium,
which is nearest to it in ionic radius. As indicated in Table 1 its Ilarge
distribution coefficient markedly ~ concentrates Rb in the carnallite; but
in  sylvite the distribution coefficient is close to one. The distribution
coefficient greater  than one means that rubidium is grabbed up by carnal-
lite in greater  proportion to potassium  than in the saturated solution in
which  the carnallite is growing. Consequently, rubidium is impoverished
in  succeeding brines and their  carnallite products. This is dramatically
demonstrated in Figure 13, a profile through  the famous Stassfurt carnal-
lite. (See also Kuhn, 1972a,b.) In  contrast, rubidium  profiles in the
Rhine Valley potash deposits are apparently strongly modified by solution

and reprecipitation (Braitsch, 1966).
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Table 2. Bromine and Rubidium Concentrations Characteristic of Various Histories
of Marine Potash Salts (in ppm wt) (after ~ KUhn, 1968, p. 476)

Genetic ~ Type Carnallite Sylvite
(KUhn) Description Br Rb Br Rb
Primary Crystallization from sea 3000-5000 250- 70  3000-4000 10- 50

water
Descendent Crystallization from 1700-3000 300-100 1500-3000 100-150
second-cycle brines
Secondary Alteration at depth 1000-2000 200-700 1000-2000
brines and temperature
Posthumous Late alteration by ground 1000-1700 190- 60
water, eg., cap-rock
Table 3. Characterization of Some Formation Waters from Germany
by Bromide and Rubidium (after =~ KUhn, 1963)
Water Type K/Rb, wt. Cl/Br,  wt.
(a)  Bitterns from  carnallite 65- 75
precipitation
(b) Brines from solution of 3.2- 420 25- 530
carnallite rock
() Brines  from intensive alteration 1300-5100 55- 160
and potassium extraction
("Vertaubung") of potash beds
(d)  Participation of fresh waters or E1200 220-12,000
nonsaline formation waters
(e)  Transitions between (c) and (d); 530-1100 75- 240
oil field  waters
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Figure  14.  Behavior  of trace elements in marine (Black Sea) water
during  evaporation. Data from Zherebtsova and Volkova  (1966).*
evaporites in  Germany (Braitsch, 1963; KUhn, 1968) and the Soviet Union
(Yarzhemski, 1968)], and these minerals correspond to amounts of boron
several  orders of magnitude larger than would have been brought in by the
amount of seawater needed to form the evaporites. The irregular distribu-
tion of boron may have been introduced by local volcanic rocks  (Yarzhemskii,
1968), thermal waters  (Kuhn, 1968), or rivers fed by weathering of igneous
rocks  (Ozol,  1967). Within ~ the range of variations dictated by such local
sources, it may be that further study of boron geochemistry will  furnish
*Figure 14 is plotted from  Zherebtsova and Volkova's experimental data in
their ~ Table 1; their  own plots, particularly their ~ Figure 6, are incon-
sistent and apparently drawn erroneously in  several respects.
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information as to whether calcium  sulfate was initially crystallized from

the brine as gypsum or anhydrite. Boron  geochemistry has been used ex-
tensively to determine the paleosalinity of brackish to marine waters in
which  shales were deposited. According to the most widely-held theory,
the detrital illitic clays coming freshly from rivers soak up boron in
proportion to the amount of borate-rich seawater that is mixed with the

river  water, but serious  questions have been raised about this simple
theory  (Dewis et al., 1972; Harder, 1974).

In evaporite basins, the amounts of such illitic clays,  which  should
extract much of the boron (of whatever  origin) from the brine, will  be a
further variable in the course of concentrating this  element  (Ozol, 1967).
So far, nobody seems to have tried to use the boron content of illite in
evaporites as a measure of salinity, and the complications that we have
listed would make such studies difficult to interpret.

Figure 14 shows lithium rising regularly in  brines, right ~ through  the
potash-magnesia facies; the differences in slope at low concentrations,
compared with bromine and boron, are certainly due to errors in deter-
minations at extremely low concentrations. The distribution coefficient
with  all  crystallizing salts is apparently so low that no lithium has been
detected in either synthetic or natural marine  salts. On the other hand,
its  regular accumulation in the brine may make it valuable in the study
of formation waters. Its high energy of hydration and low energy of ad-
sorption make it most likely to remain in solution during  long distances
of migration. As with boron, high contributions from thermal  waters
(White,  1957) are a complicating factor. Further  study of lithium dis-
tribution in  formation waters  seems indicated.

Potassium, of course, accumulates in the brines up to the potash-
magnesia  facies. Hite  (1974) has published a remarkable profile of
potassium in  halite (through 160 m of the Cretaceous Upper Khorat  Series
of Thad Land) that shows a regular rise  through  the halite facies  from 10

to 80 ppm K. Hite supposes that the K is included as a fairly regular

amount of microscopic brine inclusions in the halite, but if we can believe
the distribution coefficient of Puchelt (1972) (Table 1) this is about the
amount to be expected in solid  solution. Whether it is in solid solution

or in a uniform  content  of fluid inclusions, it could be an additional

useful  indicator of the stage of evaporation of rocks  within the halite
facies. Distribution coefficients have been determined for K+, Nat, and
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Mg2+ in aragonite (see Table 1), which have aided in determining the source
of diagenetic solutions altering the aragonite to calcite (Kinsman,  1973),
and in estimating paleosalinity (Laud and Hoops, 1973). The same elements
have a regular distribution in  extensive sections of rocks in the calcium
sulfate (Dean and Anderson, 1974) and halite facies (Dean and Tung, 1974),
and consequently are probably governed by solid  solution distributions.

Although a final interpretation of these data awaits determinations of the
appropriate distribution coefficients, these trace elements  apparently have
potential for  paleosalinity studies. However, some other results of Dean
and Anderson  (1974) suggest caution: They found that quickly deposited
anhydrite (thick  varve lamellae) had much higher trace element contents
than slowly  deposited anhydrite (thin  lamellae). This indicates control

by kinetic or adsorption effects rather ~ than solid  solution equilibrium,

which  would  distort any salinity estimate.

lodine  also accumulates in  brines, and, like lithium, its  distribution
coefficient into salt crystals (in this case as a substitute for  chloride)
is so low as to be hardly measurable. The flattening out of iodine  con-
centration in brines  of the potash-magnesium facies, as exemplified in
Figure 14, is the result of another  process. lodine ion is much more
easily oxidized (to the element) than bromide, particularly from the brines
of high concentration. Consequently, the higher  concentrations of iodine
are removed by oxidization and evaporation into  the atmosphere  as iodine
vapor. lodine  could be an important tracer  in formation waters ~ where even
more than bromide, and for as vaguely defined  reasons, it seems to be more
concentrated in  formation waters  associated with  oil  fields than in those
which do not have this association (Schoeller, 1955;  Hitchon, 1974). How-
ever, this preference is only a statistical one, with such a high statis-
tical dispersion that the use of iodine in formation waters  to prospect
for oil (Kartsev et al, 1959) is not very definitive. Half of the world's
supply of iodine comes from oil field waters, and concentrations greater
than about 50 ppm are said to be of commercial value.

Thallium occurs in seawater at only about half the concentration of
rubidium, and is partitioned into  carnallite with a lower but stil positive
D.  Consequently, it is impoverished less  quickly than  rubidium in the
succeeding brines  forming  a carnallite deposit, as shown in Figure 15

(Malikova, 1967, p. 99). Thallium has not been analyzed in brines.
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Figure I5. Variation of thallium and rubidium  through  the carnal-
lite  zone of the Verkhnekamsk potash deposits, Pre-Urals, USSR.
After  Malikova (1967, p. 99).

Most of the above trace elements are dominantly controlled by the
fractionation as corresponding trace amounts in solid  solution of the
evaporite minerals that are crystallizing. Strontium undergoes  similar
distribution in both carbonate and sulfate minerals, as indicated by the
distribution coefficients of Table 1. Dean (1978a) believes that  most
trace  strontium in evaporite rocks is in the form of such solid solutions.
However, a major complicating factor is the appearance of the mineral
celestite, SrSO4, with  strontium as a major rather than trace element.
When the solubility product  of celestite has been exceeded, which is
generally in the calcium sulfate facies,* from then on the concentration
of Sr in the brine is controlled by the balance between celestite solubility
and sulfate concentration. The latter is, in turn, controlled by a number

of factors that may be of more or less importance in various evaporite

sequences:

1. Evaporation may uniformly increase sulfate concentration.

*Unfortunately, even for the solubility of SrS04 in concentrated salt
solutions, data in the literature are still in disagreement (Muller,
1960; Muller  and Puchelt, ~96l; Lucchesi and Whitney, 1962; Bount and

Dickson, pers. comm., 1961).
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2. Normal precipitation of gypsum and anhydrite will  take up some sulfate

but still allow it to increase in the brine, as shown by data from
both artificial (Gravau, 1920; Herrmann et al., 1973) and natural salt
pans (Morris and Dickey, 1957; W.T. Holser, unpublished data from
Laguna Ojo de Liebre, B.C., Mexico); consequently, Sr2+ decreases  in

the brine, as is the case in Figure 14.

3. Dolomitization by the magnesium-rich brines  of (a presumably large
volume of) previously precipitated aragonite or calcite, releases  Ca2+,
which  precipitates additional anhydrite (or gypsum), depresses  SO~-

nearly to zero, and allows Sr2+ to rise in the brine (Kinsman, 1966,

1969b; Butler, 1970).

4. Biological reduction of sulfate to sulfur, or any other mechanism
leading to the common sulfate deficit in evaporites, will  have an
effect parallel to dolomitization.

5. Organisms may segregate  highly  variable amounts of Sr?+ in shell or

skeletal growths.

6. Strontum  may be taken up by clays (Bausch, 1965). These Rube
Goldberg  mechanisms  of variation in the brine will, in turn, be
mirrored through  the distribution coefficients by the strontium
concentrations in minerals precipitated from each brine. Butler
(1973) has done a masterful job of untangling these complexities in
the environments of modern sabkha evaporites, by a detailed com-

parison  of strontium analyses in gypsum and anhydrite of various
forms and subfacies, with  the brines  found in association with  them.
The strontium in brine, and consequently in crystals, is  controlled
by different factors in each zone of seawater concentration, as
outlined in Table 4. The sum of the concentrations of these

minerals, plus the amount of celestite, gives the strontium

analysis of the primary sediment.

The situation is further complicated by post-depositional redistri-
bution  of strontium and other elements, especially its  association with
mineral  transformations: aragonite-calcite (Katz et al., 1972), high-Mg
calcite--low-Mg calcite, calcite-dolomite, gypsum-anhydrite, and anhydrite-

dolomite. The first two reactions have been studied extensively, and in
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general the changes in trace element content take an expected direction:

For elements  whose distribution coefficient (Table 1) in the product is
less than one (e.g., Sr 2+,Mg 2+), the trace element content  decreases,
while  for elements  whose distribution coefficient is greater than one
(e.q., Mn2+, Zn2+) the trace element content increases (Kinsman,  1969b,
1971; \Veizer, 1974, 1977). Determination as to whether the system re-
mained  essentially open (Kinsman, 1971; Gavish and Friedman, 1969) or
closed  (Lohmann, 1978; Veizer, 1978) during  alteration is critical to
evaluation of the analyses. The analogous  reactions involving sulfate
minerals have been much less studied. In a modern sabkha, dolomitization
removes the strontium from anhydrite as celestite (Kinsman,  1969a).
Similarly, strontium is less soluble in gypsum than in anhydrite (Table
1), so that secondary  celestite forms during  surface  alteration of anhy-
drite to gypsum (Ham, 1962). On this basis one should be able to dis-
tinguish primary  anhydrite (high  Sr) from anhydrite after  primary  gypsum

(low Sr), but this hypothesis needs to be verified. In a contary  example,
an increase in trace elements (including Sr and B), was observed  during
gypsification of anhydrite; the postulated source was the altering ground
water  (Kropacher, 1960). Some regularities in the distribution of strontium
have been observed in anhydrite rock  sequences, both with and without
celestite (Herrmann, 1961; Mokeyenko, 1965; Butler, 1973; Dean and
Anderson, 1974); but many variations remain  unexplained (Wazny, 1971).
ISOTOPES

General  Considerations

The same general principles that have been described for the distri-
bution  of trace elements in solid solution also apply to isotopes. Both
equilibrium and Kkinetic effects give slight preferences for lighter or
heavier isotope species  in particular crystals, waters, or the atmosphere,
and in the processes of chemical reaction and diffusion that operate in
these  regimes. Logarithmic profiles like  equation 3 and Figure 2 will
result as such a process goes on. The final result is often  complex,
and this  discussion wil  not go into detail, but will  only indicate the
ways that isotopes may be useful in the study of evaporites and brines,
and some of the results so far obtained. A more general survey of isotope

geochemistry may be found in the textbook by Faure (1977).
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Compared with the trace element-regular ion pair, two isotopes of

the same element are very nearly equal in all their properties. Conse-
quently, the processes that  separate isotopes in nature are very subtle,
and the distribution coefficients for isotope  pairs are very close to one.
It is therefore more convenient to designate the effect by a fractional
difference from some standard  material, rather  than by a ratio.
The fraction difference 0 is usually expressed in parts per thousand,
or "per mil" For example, for oxygen isotopes of masses 18 and 16:
(180/160) _ (18p/16Q)
0180 = sample standard X 1000 9]
(180/1%0) standard

So positive values of 0 mean that the isotopes in the sample are slightly
heavier ~ than the arbitrary standard,* negative  values that the sample is

slightly lighter.
Hydrogen and Oxygen in Water

One of the most obvious factors affecting the isotopic composition
of both hydrogen and oxygen in water is that the major evaporation cycle
leaves behind in the sea, water heavy in both isotopes, while  atmospheric
water vapor and the snow and rain that falls from them are variably light
depending  upon latitude, elevation, and history of the air mass. Mixing
of such precipitated fresh waters with ocean waters gives the main line
of variation shown on Figure 16. On the other hand, seawater left behind
by strong  evaporation gives the wupper right curve of Figure 16, with much
less increase in  deuterium. Although D and 180 are left behind during the
initial slight evaporation, as might be expected on a simple model, at
high salt  concentrations they both begin to decrease again, and the plot
of D vs 180 hooks back (Fig. 16). This  reversal is said (Gonfiantini,
1965) to be accounted for by the decrease in activity of water in highly
saline  brines as it affects the relative rates  of evaporation and conden-
sation at the surface, but | suggest that interaction between free water
and the large amount of water in the hydration spheres of the cations in

a brine  may also playa part  (Taube, 1954). The process has been followed

*The standards of reference usually used (including the following discus-
sion)  are: for carbon, "PDB" (Belemnitella from the PeeDee Formation,

South  Carolina); for oxygen and hydrogen, "SMOW" (Standard  Mean Ocean
Water); and for sulfur, "CD" (Troilite from the Canyon Diablo meteorite).
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Figure  16.  Variation of oxygen and hydrogen isotopes in waters.
After  Craig (1961) and Gonfiantini (1965). For variations on

0180 for seawater evaporation see Lloyd (1966), and Fontes and
Pierre (1978).

experimentally (as shown in Fig. 16) up to IOX seawater, and our own data
from highly  concentrated brines at Laguna Ojo de Liebre, Baja California
(Fig. 17), demonstrate for hydrogen that the process continues up to the
potash-magnesia facies. Analysis of water hydrogen from evaporite

minerals by Borshchevskiy and Khristianov (1965) are also in the range

oD +25 to -40%0, and they cite other published data in support of such

changes.

Gonfiantini and Fontes (1963) have determined that oxygen in water
of crystallization of gypsum is about 4%0 heavier than the water from
which the gypsum crystallized. The fractionation of hydrogen into water
of crystallization has been determined for several nonmarine  evaporite
minerals: For gaylussite, Na2Ca(C03)2'5H20, the crystalline hydrogen  was
slightly lighter, and for (total hydrogen)  trona, Na3CO3(HC03)'2H20,
considerably lighter; borax, NaZB4O7‘1OH20 did not appreciably fractionate

(Matsuo et al, 1972). This data base was applied to interpret the
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crystallization temperature of Searles Lake, California, evaporites (Smith

et al, 1970). Crystallization with  light  hydrogen, as found here, is in
line  with  experimental work on a series of other, nonmineral hydrates
(Barrer  and Denny, 1964). In  contrast, comparison  of the very preliminary
data from the two different sources  shown in Figure 17 suggest that the
crystal water in gypsum may have heavier  hydrogen. Borschevskiy and
Khristianov (1965) analyzed  deuterium in water of hydration of a few
evaporite minerals, but  without comparison  to either a standard  of analysis
or to the water from which they were crystallized. Any further interpreta-
tions of hydrogen isotopes in gypsum awaits a definitive laboratory experi-
ment.

Sulfur ~ and Oxygen in Sulfate and Sulfide

The general  features and much of the data on sulfur isotopes in

evaporites have been reviewed repeatedly (e.q., Thode and Monster, 1965;
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Figure  17.  Variation of hydrogen isotopes in evaporite brines  in the
sabkha at Laguna Ojo de Liebre, Baja California, Mexico  (dashed line),
and in gypsum from a laboratory evaporation of seawater at constant
volume. Isotope  analyses by S. R. Silverman.
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Holser and Kaplan, 1966; Nielsen. 1972; Dean, 1978b; Claypool et al,

1979). Oxygen isotopes in the sulfate cycle were dealt with in detalil
by Holser et al. (1979). The principal geochemical feature that  governs
the  distribution of sulfur isotopes is bacterial reduction on the sea-
floor, which  forms a light  sulfide in the muds and leaves behind  sUIfur34s
about +40 heavier in the sulfate of seawater. Evaporite sulfates, in-
cluding not only gypsum and anhydrite but minerals of the potash-magnesia
facies, crystallize from concentrated seawater brines  with only a minor
fractionation of 034S of +1.7%0 0180 increases by +3.5% (Lloyd: 1968).
Butler et al. (1973) and Olson and Schwarz (1979) have documented decreases
of up to 4°%00 in modern sabkhas. But in the absence of large-scale
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Figure  18. Isotope  age curve for 034S in evaporite sulfate in equilibrium
with  the surface  ocean. Note sharpness of rises in Late Precambrian, Middle
Devonian, and Early Triassic, each of which would be even more striking if
divergently high values were not discounted in drawing the mean curve. A
compilation of published data and that to be published in Claypool et al
(1979).
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biological fractionation in the evaporite basin,  evaporite sulfates will
generally have just about the same sulfur isotope  composition as the brine
in the basin, and for dominantly marine  evaporites that means the same as
in the world surface  ocean. One might therefore have expected little
variation in  sulfur isotopes from evaporite minerals.

Surprisingly enough, wide variations of 034S were found with geological
age of the evaporites, as shown by the “sulfur isotope  age curve" of Figure
18. These Vvariations apparently resulted from a shift  with geologic time
of the balance of sulfur stored in three main reservoirs: seawater,
evaporites, and shales. The first two reservoirs are sulfate and heavy,
and the third is sulfide and light. Holser and Kaplan (1966) proposed
that during times in which a greater  amount of sulfur is transferred to
the sulfate of the sea by uplift, erosion, and oxidation of pyrite in shales
than is transferred to the sulfide reservoir by the activity of sulfur-
reducing bacteria on the seafloor, 034S in the world ocean should decrease,
and vice-versa. Variations on the interpretation of Figure 18 have been
published by Rees (1970) and Holland (1973), involving transfers into and
out of the evaporite reservoir. Analyses  of oxygen isotopes in many of

18O with  age

the same anhydrites of Figure 18 also show excursions of 0
(Sakai, 1972; Claypool et al., 1979). By playing the differences of these
two curves against each other, it should in principal be possible to cal-
culate  shifts of sulfur among all three reservoirs (seawater, evaporites,
and shales,) with time (Claypool et al, 1979). However, the rises of 034S
(ust  below the Cambrian, in the Middle Devonian, in the Lower Triassic,

and possibly in the Lower Cretaceous) are so sharp that they are difficult

to explain by a sudden increase in  bacterial reduction of oceanic sulfate

to sulfide. This has led to speculation that the 034S of oceanic sulfate
does not necessarily measure 034S of the entire  ocean--that it may at these

times have measured only the surface mixed zone of an ocean that was

stratified by the accumulation of dense reflux brines in the deeps
(Holser, 1977). The isotope age curves of sulfur and oxygen in evaporites
have great potential as a record of the sediment-ocean-atmosphere cycle

on a world-wide scale.

These interpretations are still controversial, but whatever the
origin of the curve of 034S vs age, it can be useful in determining the
age of sediments. An age is not given in a direct and unambiguous fashion
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as itwould be by radiometric determinations, because the sulfur isotope

age curve is both multi-valued and fuzzy. But in certain instances the
age of an evaporite can be refined by 034S.  Some unpublished examples

from my file: The Couva Marine anhydrite, Gulf of Paria,  Trinidad, was
shown to be pre-Upper Cretaceous, later  confirmed by paleontology; the

Ft. Dodge gypsum, in lowa, was shown to be Jurassic-Traissic rather  than
Permian, later  proved by palynology; evaporites in the Canning Basin,
Australia, were shown to be Devonian. The sulfate ion is a very stable

unit, and consequently, in the absence of any biological reduction, second-
cycle  sulfates reflect their  first-cycle derivation from the ocean. Thus,
anhydrite filling porosity in the San Andres Limestone in Texas was shown

to be of Permian and not of later age. Further ~ examples are given by
Nielsen (1972).
This same stability of the sulfate ion also allows  sulfur isotopes

(probably oxygen also) to trace the origin of sulfate contents of forma-

tion waters  (Muller et al, 1966) and surface  waters  (Nielsen and Rambow,
1969; Hitchon and Kraus, 1972), and in particular to determine the relative
importance of evaporites (even which  evaporites) in their  origin.

Very light 034S  deposits of native  sulfur in salt dome cap rock
(Feely and Kulp, 1957) and in bedded evaporites (Davis and Kirkland, 1970)
were formed by bacterial reduction of evaporite sulfate to HZS and back-
oxidation by oxygenated waters to native  sulfur.

Carbon and Oxygen in Carbonates and Organic  Carbon

The isotope  geochemistry of carbonate  has been studied more than any
other. Among the isotopes of carbon, the greatest natural distinction

occurs  between the carbon of living matter  (both plant and animal) and

inorganic carbon. In  general, ordinary limestones, including fossil

shell  material, have oC in the range 0013 = -1 to +30/00 which is cons is-
tent with the bicarbonate of modern seawater, which is in turn in equilib-
rum - with  atmospheric  CO, at 013C 7%00. Organic  material in  sediments,
including hydrocarbons, is in the range 013C = -20 to -300/00, with a mean
of about 013C = -280/00. Some limestones, such as in salt dome cap rock

(Feely and Kulp, 1957), are evidently formed from CO2 that  resulted from
the oxidation of such organic  matter, rather  than from the ordinary car-
bonate of seawater that is in equilibrium with  the atmosphere. Replacement

of varve lamellar anhydrite by calcite was demonstrated on the same basis
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Veizer et al.  (1979).

by Kirkland and Evans (1976). Except for limestones of such unusual origin,
most of those in the geological column, back to the earliest Precambrian,

lie  within the above-mentioned limits. But within this  narrow range there
IS some conslstency to varlatlon of &3¢ wr D age. A statistical summary
of all published carbon isotope  analyses  of limestones (Fig. 19) not only
displays variations with age but also exhibits a negative correlation of

013CCar bonate with  034S su If ate (Veizer et al, 1979). The significance of
this  relation is that the oxidation-reduction processes  of the carbon and

sulfur cycles are tied together in some way that makes them mutually com-

pensating. Consequently, the effect of the oxidation-reduction processes
on the level of oxygen (plus carbon dioxide) in the atmosphere is minimized.
Nonmarine  limestones lie between ocean water and organic  material with  an
average of perhaps 013C = -7. However, 013C is not a salinity indicator,
per se, and carbonates from evaporites, so far as have been studied, have
essentially the same 0130 as marine  limestones.

The 0180 of carbonates is often wused to measure the temperature of

crystallization, particularly of fossils, assuming normal marine water with
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01SOH2y and 0ISOHCO) in equilibrium. But under evaporite conditions the
temperature effect is overwhelmed by the effect of salinity on 01SOH2,
(Fig.  16). It has been generally asserted that most 01SOcaC03 in lime-
stones older than Certaceous  were extremely altered by equilibration with

later  formation waters, but recent work has found a wide range of values

in single  samples that can be related to primary and diagenetic sequence
of crystallization (Dickson  and Coleman, 1975). Dean and Anderson  (197S)
published one profile, a series of varve lamellar anhydrite rocks of the
Permian  Castile Formation of Texas in which low salinity as evidenced by
low OlSOcacO3 was correlated with  thin  anhydrite lamellae. Other than
this  study, oxygen isotopes have not been much applied to evaporite car-
bonates. Carbon and oxygen isotope  studies are important in  determining
the origin of dolomite, a perennial question that is pertinent here be-
cause dolomite is the most common carbonate in  evaporites. Experimental

studies indicate that primary  dolomite should have olSo about 5 to 7%oco

heavier, and 013C about 2.5°00  heavier, than  calcite formed under the same
conditions (e.q., Hoefs, 1973, p. 99). Protodolomite (dolomite in a dis-
ordered  structure when first precipitated) gives olSo about 3 to 4%o0
heavier than calcite (Fritz and Smith,  1970). Most  dolomite/calcite pairs

that have been studied have closely similar olSO and 013C, suggesting that
these  dolomites formed by diagenetic alteration of a calcite (or aragonite)
precursor; these include  many dolomites of somewhat evaporitic association

in both modern (Clayton et al., 1965b) and ancient  sediments (Degens and

Epstein, 1964). However, in exceptional cases, as in the modern dolomite
sediments at Deep Springs Valley, California (Clayton et al., 1965a), at
Mound Lake, Texas (Parry et al, 1970), and in the Eocene evaporites of

the Paris Basin (Fontes et al, 1967, 1975) dolomites are found with the

high  0lSO suggestive of direct precipitation. The conclusion, which  must
be tentative, is that most dolomites, even those of evaporitic associations,
are diagenetic after CaCO3, but that a few are probably precipitates. So
far all examples of the precipitates are in dominantly continental evap-
orites, which is either a strange  coincidence or a suggestion of factors
not presently understood. For the present, these  questions must remain
open.

By combining data on clay minerals, trace  elements, and oxygen and

carbon  (but not hydrogen) isotopes in both carbonates and gypsum, Fontes
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et al. (1967) have completed a definitive study of the upper Eocene evapo-
ritic sediments  of the central Paris  basin. The data all point to crystal-
lization of the evaporites from continental waters. Similar studies  promise
to be useful in other evaporite basins, but of course only in those cases
where gypsum is primary. In most older evaporites, the study of isotope

variations in outcrop  gypsums will  be pertinent only to considerations of

the type of ground water that has generated the gypsum from buried anhy-

drite.
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Chapter 10
MARINE PLACER MINERALS

Virginia Mee Burns

INTRODUCTION

Placers ~ are mineral  deposits formed on the earth's surface by

mechanical, and sometimes  chemical, concentration of mineral particles
from weathered debris by alluvial, marine, lacustrine, glacial and
occasionally aeolian processes. Deposits  occurring on land are commonly
divided into  alluvial (stream), eluvial (slope), residual (authochthonous),
fossil (deep-lead), and marine  (off-shore) (Hails, 1976). Economic  placer
minerals have been dividled by Emery and Noakes (1968) into three groups:
heavy heavy minerals including gold,  platinum, and tin oxides  (specific
gravity 6.8-21); light heavy minerals including iimenite, rutile, zircon,
monazite, and magnetite (specific gravity 4.2-5.3); and gems including
ruby,  sapphire and diamond (relatively low specific gravities of 2.9-4.1,
but extreme hardness). Emery and Noakes have also related the mineral
groups to different depositional environments found in land placer de-
posits. The most common marine placer  minerals, which are among the
most dense and chemically or mechanically resistant of minerals, are

listed in Table 1.

The marine placer  mineral deposits ~ which have been studied occur on
the continental shelf  generally within five miles of the coast. Sub-
marine  placer  deposits in the near shelf region are predominantely late
Tertiary to Recent in age. During  the Pleistocene glacial ages, the sea
level was lowered considerably as a result of increased ice  formation
in higher Ilatitudes. The decrease is believed to have been up to 150 m
below the present sea level, which  approaches  the present shelf edge
(Hails, 1976). During the low stands of sea level in the Pleistocene,
alluvial, eluvial, authochthonous and beach placers were formed on the
exposed shelf  areas. When the sea level rose again at the end of the
Pleistocene, these placers were covered by the rising ocean and were
partly reworked, destroyed, and/or  partly covered by Recent sediments.

The deep leads of the shelf region are sub-Recent or Glacial Age buried
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Table 1. Marine placer  minerals.

Specific
Mineral Composition Gravity Hardness

Cassiterite SnO2 6.8-7.1 6.0-7.0
Chromite (Mg,Fe)Cr204 4.1-4.7 5.5-6.5
Diamond C 3.5 10
Fergusonite (Y,Ce,Fe) (Nb,Ta,Ti)04 5.4 5.5-6.5
Gold Au 19.3 2.5-3.0
lImenite FeTiO3 4.5-5.5 5.0-6.0
Magnetite Fe304 5.2 5.5-6.5
Monazite (Ce,La,Y,Th)PO4 4.6-5.4 5.0-5.5
Platinum Pt 14-19 4.0-4.5
Rutile Ti02 4.25 6.0-6.5
Wolframite (Fe,Mn)Wo 4 7.1-75 4.0-4.5
Xenotime YPO 4 4.4-5.1 4-5
Zircon ZrSiO4 4.6-4.7 75
river  channels  which have been preserved under younger  sediments. Eluvial

oocurrences of marine placer  deposits are found where weathered  source
rocks of heavy minerals outcrop  on the shelf.

While numerous marine placer  deposits are known worldwide, only a few
illustrative examples  will  be described in this  chapter. Published de-
scriptions of these and other marine placers are cited in the bibliography

at the end of the chapter.

TIN DEPOSITS
The Southeast Asian Tin Belt

The most widespread and economically important of the offshore mineral
placers  are those of the Southeast Asian Tin Belt shown in Figure 1.
The Tin Belt stretches more than 3000 km from Burma and northern Thailand
down Peninsular Thailand and western Malaysia to the Tin |Islands  of
Indonesia (Singkep, Bangka and Belitung, formerly Billiton) in the

western, most highly ~ mineralized belt. The less valuable eastern  belt
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110"

'0>"E it0"
Figure 1.  Location of producing and potential offshore tin
areas of southeast Asia  (from  Hosking, 1971). (1) Belugyun
Island, (2) Heinze Basin, (3) Spider Island, (4) Tenasserim
Delta and Lampa and neighboring islands, (5) Ranong and coast

to South, (6) Takua Pa, (7) Thai Muang, (8) Phuket, (9) Ko
Phangan and Ko Samui, (9a) Rayong, (10) Langkawi Islands
area, (11) Lumut-Dindings, (12) Malacca, (13) Karimun and
Kundur, (14) Bintan, (15) The Tin Islands.
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begins near the Cambodian border, disappears beneath  the sediment-filled

Thailand Basin and ends west of Borneo. The source rocks of the onshore
and offshore tin  placers, which  together supply more than half the free
world's tin, are biotite or biotite-muscovite granite intrusives of

Mesozoic  (mostly  late  Jurassic or late Cretaceous age), which are localized

along tectonic belts.

The arc-trench system of the Indonesia Islands  and Western  Thai
Peninsula is an example of a convergent juncture in the plate tectonic
model. According  to Katili (1974), the arc was formed by subduction of
oceanic  crust under continental crust. The continental crust is relatively
thick in this area comprising volcanic arcs of Permian, Cretaceous, and
Tertiary ages. The magmatic rocks formed above the Benioff zone here are
mostly  sialic and intermediate in character. According  to Katili (1974)
and Mitchell and Garson (1972), the tin-bearing biotite or biotite-muscovite
granites of the Malaysia-Indonesian arc trend system were emplaced during
intermittent igneous  episodes  above the Mesozoic paleo-Benioff zone.

In late Tertiary times the subduction zone shifted towards  the Indian
Ocean and volcanism, which is still active  in Indonesia, again  accompanied
the  subduction (Katili, 1974).

The relationship between the tin-bearing granitic belts and the bor-
dering  marginal basins and island arcs has been postulated by Mitchell
and Garson (1972) as follows. Fluorine, present in large  residual amounts

in the sedimentary and igneous rocks caught wup in the subduction zone,
helps  to concentrate the tin in the biotite. The lithospheric slab
descending  beneath  the Indonesian arc system resulted in upward transfer
of hot volatiles and possibly magma. This would explain the quartz-
fluorite bodies  occurring on the continental side of the folded belt.
The upward stream of volatiles would now partly underlie the Continental
margins, remelting the alkali-rich fraction within the acid igneous belt,
and an upward movement of volatile fluorides of alkali metals, silicon,
tin,  tungsten  and other metals would take place. ~litchell and Garson
suggested  that alkali hydroxystannates or thio-stannates were formed by
reaction with  hydrous  phases. Changing  conditions of pH and falling
temperature resulted in  deposits of tin and tungsten  minerals. Hydro-
fluoric acid reacted with  available lime to form fluorite and with  other

elements to form lepidolite and topaz. While  the biotite granite of the
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Tin Belt contains about 20-50 ppm Sn, most of the tin is contained in
the biotite. Bursukov  (1957) has reported that 80% of the tin in tin-
rich  granites is incorporated into  the biotite structure, replacing iron.
In the later  muscovite, tin,  tungsten and niobium  (and presumably  tan-
talum) are trapped between sheets and in crystal defect  sites. These
jons, in contrast to those in biotite, are easily leached out to form
secondary  concentrations of ore (Mitchell and Garson, 1972). Percep-

tible amounts of tin also occur in the ilmenite and zircon from the

granites.
Other  geologic factors which  contributed to the unusually high
tin  value of this belt were deep and rapid tropical weathering, which
released large  quantities of primary tin from source lodes;  formation
of alluvial and marine  placers, many of which are now seaward of the
present  coast line; and preservation of onshore placers by later  com-
paratively low terrain drained by low-velocity streams  (Halils, 1976).
The Indonesian Tin Islands. The Indonesian Tin Islands  of Bangka,
Singkep,  Tujuh  Archipelago and Belitung (Billiton) shown in Figure 2 are
elevated central parts of the submerged Sunda Platform. From the early

50, 100km
Granitic  rocks
» Soya Tin  deposits

D Q
Konmota.

Figure 2.  Indonesian Tin Belt from Singkep to Karimata (after Bon, 1979).
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Teritary the orogenic zone containing the Southeast Asian tin  deposits

was a mountainous belt that constituted a part of the continental mass
known as Sunda Land. Prolonged denudation up to Pleistocene times  re-
sulted in  peneplanation to base level of marginal parts of the northern
portions of the Tin Belt and virtually complete  peneplanation of that

part of it which is now occupied by the Tin Islands (Hosking, 1969).
It is not known when the primary tin deposits  were first uncovered in

this area, but it is believed not to have occurred  until very late

Tertiary or early Pleistocene (Osberger, 1967). Major  fluctuations in
sea level during Pleistocene times, due to removal and return  of sea
water when ice formed or remelted, played a major part in the formation

of the Indonesian placers by inducing rejuvenation of the rivers and rapid
valley erosion, followed by transgression of land by the sea which re-
sulted in  reworking of placers  previously developed  on land. Local

tilting on the Sunda Shelf region during the Quaternary also facilitated

these  processes.

The geology of the largely sea-covered Sunda Shelf  within the
Indonesian Tin Belt was originally inferred from studies on the Tin
Islands (Aleva,  1973; Aleva et al, 1973). On these islands the country
rock  consists of isoclinally folded  sedimentary formations of alternating
argillites and sandstones  with  occasional limestone beds ranging in age
from Lower Permian to Triassic. Intrusive rocks range in composition
from hypersthene-norite, gabbro,  tonalite, granites and alkali granites.

In many places a clear connection between  cassiterite mineralization and
the biotite-granite intrusives can be seen. The hornblende granites and
more basic  intrusives are not connected with the cassiterite deposits.

On Singkep and Bangka all previous and existing cassiterite reserves

occur  within the granite boundaries in greisen  veins or masses which are
composed of quartz and yellowish-grey mica with  cassiterite, altered feld-
spar, and kaolin. The Greisen zones vary in thickness from  millimeters to
tens of meters. The granites and country rocks are mostly  chemically
weathered to a considerable depth, increasing from the divide areas

(25 m) to the valleys (over 30 m). The hills present  are monadnocks,
often with rather steep slopes composed of weathering-resistant rocks,

such as quartzites, quartz  veins, and granites.
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On Belitung, the primary  cassiterite mineralization is found in the

sedimentary country  rocks in zones several  kilometers wide and tens of
kilometers long. Within ~ the zones, the cassiterite occurs in veins 0.1
to 10 cm wide in association with  one or more of the minerals, columnar
quartz, feldspar, tourmaline and topaz. Veins up to 75 cm wide composed
of pure, fine-grained acicular cassiterite crystals also occur and occa-
sionally cassiterite-bearing sulphide and magnetite veins are found
(Aleva, 1973). The rivers on Belitung often follow  the contacts between
granites and country  rocks. On the valley floors a layer of coarse-
grained  quartz  particles and decomposed quartz veins is cemented together
by iron  oxyhydroxides forming  "kaksa," as it it known in Indonesia. In
the river  valleys of these peneplained humid tropical areas the cassiterite
diminishes in  quantity and grain  size within several  hundred meters  (Alvea,
1973). It is in these valleys that most of the billitonite (tektite) has
been found.

The concentration process for cassiterite is enhanced by the presence

of traps where it is protected from  further transport and mechanical abra-

sion. While  cassiterite is chemically resistant, it is brittle and easily
fractured by mechanical action, and its limit  of travel from a source area
is believed to be less than 10 km (Emery and Noakes, 1968). The kaksa
furnishes an effective trap. Other effective traps  include the  sinkholes

formed in limestone bedrock in Malaya, Bangka and offshore Belitung.

No essential change is observed in cassiterite placers occurring in
submerged  valley floors a few kilometers offshore of the Tin Islands. The
valley floors are somewhat deeper, locally to 50 m below mean sea level.

A blanket of Recent to sub-Recent marine  mud covers most of the offshore

area. The submarine  area near shore is a continuation of the mature mor-
phology  known from the islands. It is generally accepted that the shallow
sea surrounding the islands represent a peneplain submerged by the last
post-glacial eustatic rise in sea level. An aureole  of submerged river
valleys containing valuable tin  ores surround the islands of Singkep,
Bangka, Belitung and the Trujuh  Archipelago. Offshore tin - mining in

the sheltered areas around the lin Islands  started before  World War I,
and by 1970 ten dredges were in operation. More recent  effort has been
concentrated around the Tujuh Islands, a small archipelago located  be-

tween the islands of Singkep and Gangka (Fig. 2). Extensive seismic  and
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drilling by a subsidiary of Billiton N/V on this remote unprotected area

found a complex system of filled-in submarine  gullies. Correlation of
seismic  profiles with  drill data showed that two sedimentary episodes
occurred, one when sand gravels were deposited followed by one char-
acterized by humic and peat leyars. Cassiterite was found to be mar-
ginally restricted to the latter (Bon, 1979).

The small granite dome outcropping on Pulau Tujuh Island is considered
to be the source rock of most of the cassiterite, although ~ submerged granites
may be the source of some of the tin. Below the seafloor the granite in

most places is altered into a clayey mass several tens of meters deep.

The enclosing country  rock appears to be a mica schist, and the contact
has been mapped over a considerable distance. The submarine  granite-schist
contact is surrounded by non-consolidated sediments  consisting of alter-
nating layers of clays and occasional coarse pebbly beds known locally as
the "older  sedimentary cover." The submarine  basement surface and the

older  sedimentary cover are incised by a number of gullies that radiate

outward from the center of the granite. In many places a layer of shelly
marine  mud, the "younger  sedimentary cover," occurs on the abrasion level
which  truncates the weathered basement at a fairly consistent depth  of

20-25 m below present mean sea level.

A small quantity of cassiterite is found in the basal pebble beds of
the older sedimentary cover. It is most abundant in the gravel gullies.
As well as cassiterite, the heavy mineral concentrates found in the sub-
merged gullies contain  abundant marcasite-pyrite, and minor amounts of
iimenite, zircon  and monazite (Aleva,  1973).

Thailand Tin  Deposits. Another  country  with a substantial offshore
production of cassiterite is  Thailand. In this case tantalum is an im-

portant by-product which is recovered from the tin smelting operation

there. Offshore tin placers have been mined on the west coast of penin-
sular  Thailand since 1908 when production began at Tongah Harbor,  Phuket
Island.

The Thailand tin  deposits are closely associated with  Late Cretaceous
biotite-muscovite granites which occur as a series of northerly trending
belts  of irregular to elongate  batholiths and stocks that form the back-
bone of the main mountain  system of the Thailand-Malaya peninsula. In

places in the offshore area of western  Thailand, from Phuket Island in
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the south to Thai Muang and Takua Pa in the north, a distance of over 120
km, the granite-country rock contact extends seaward from the present  coast
line and localizes offshore placers  that are now being mined. Most  primary

tin  deposits in  Thailand occur  within 200-300 m of the granite contact

and consist of pegmatites, pegmatitic veins, small irregular quartz  veins,
contact ~ metasomatic deposits developed in altered crystalline limestone,
and disseminated cassiterite in locally altered or greisenized outer  mar-

gins of the granites (Straczek, 1968). On Phuket Island  Sainsbury (1969)

describes the lode deposits as consisting of cassiterite accompanied by
tourmaline, topaz, white mica, and lesser amounts of zircon, iimenite,
monzonite and garnet in quartz veins and pegmatite dikes  (Sainsbury, 1969).
Few of the lode deposits are economically valuable, but weathering of the
lode deposits forms numerous small placers. In the offshore deposits
eluvial deposits can be distinguished from alluvial deposits by lack of
evidence  of stream transport such as grading, shape, and grain size of
the cassiterite and associated heavy mineral components. The eluvial
placers grade outwards to alluvial deposits of gravel and sand trains in
former  stream  channels. The thickness, coarse size of the minerals, and
distribution attest to the greater carrying capacity of the streams in
this area during the Pleistocene. The localization of offshore and on-
shore placer  deposits, which all occur within a few kilometers of the

granite contact  zone, is a function of the mechanical and chemical  break-
down of cassiterite.
During  the Pleistocene the extensive areas now covered by water to

depths of 100 m or more of the west and east coasts of the Thai-Malay

Peninsula  were dry land, and the development of eluvial and alluvial
deposits must have been similar to the existing placer  deposits on land.
The sea encroached during the interglacial stages, and the deposits  were

probably reworked by wave and current action  before being covered by more
recent marine sediments  of soft mud which now overlie the more compact
coarser tin-bearing sediments. Off of Phuket Island and peninsular

Thailand, economic  concentrations of tin placers in water depths wup to
22 m extend from shore to 1200 m from shore and consist of tin-bearing

sands and gravels, with  interbedded clay lenses. The tin gravels  range
in thickness from 1-15 m and average 5 m. The deposits straddle the

northerly trending granite contact which is an extension of the onshore
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contact  zone along with small alluvial and eluvial placers  occur. The

country  rocks are Paleozoic slate  argillites. The coarseness  of the cas-
siterites, the angularity of grains, and diminuition of grain size and
grade away from the granites support  the cassiterite source  occurring
within the narrow contact  zone limits. Thus, the placers are largely
eluvial with  short-range alluvial extensions and were formed by subaerial
weathering processes (Straczek, 1968).

The associated minerals of the offshore placers include iimenite,
monazite  and xenotime  plus lesser amounts of magnetite, zircon, topaz,
rutile, garnet, sphene,  spinel, epidote, hornblende, hematite, goethite,
pyrite or marcasite, feldspar, siderite, tourmaline, anatase, barite,
fluorite, epidote, hornblende, muscovite, biotite, and chlorite. Spora-
dically found minerals include silver, gold, fergussonite and diamonds

(Hoffman, 1966; Bateson and Stephens, 1967). Monazite  and xenotime  are

recovered as by-products. Diamonds, which are occasionally found on the
jigging tables, are apparently of gem quality but of unknown origin.

There are no known occurrences of kimberlite in the area, and there is a
lack of associated kimberlite minerals. It has been suggested that the

diamonds are derived from secondary  sedimentary host rocks,  possibly a
pebbly  greywacke of the Pelaozoic Phuket Series  (Bateson and Stephens,
1967), or from contientnal clastic sediments  of Mesozoic age (Straczek,
pers. comm., 1979).

While  tantalum recovered from the tin slags of the tin smelting

operation on Phuket Island is an important by-product of the offshore
placer  tin  operations, minerals of the tantalite-columbite series, rarely,
if ever, occur offshore, although they have been mined locally from on-
shore  placers (Hockin, 1957). Electron microprobe studies  of the off-
shore  cassiterite ores from here and another  offshore Thailand tin  deposit

located  about 120 km due north, Takuapa, have shown that up to 17.5% Ta205
is contained in the cassiterite and rutile phases in solid  solution

(Hosking, 1970;  Hockin, 1957;  Straczek, pers. comm., 1979). The ionic

radii of tin (Sn4+:0.73 A), tantalum (Ta5+:0.68 A), niobium (Nb5+:

0.70 A), and titanium (Ti 4+ =068 A) are close enough to facilitate the
formation of substitutional solid  solutions among the oxide phases. In
the Thailand Peninsula cassiterite the average content  of Ta205 is about

1% and Nb205 is about 0.5%, but the amount of tantalum and niobium
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present  ranges widely  among individual deposits (Straczek, pers.  comm.,
1979) ¥

Hosking  (1970) has reported that the strong  red-green pleochroism
observed in some cassiterites from Thailand and Malayan deposits is
probably due to the presence of appreciable percentages of tantalum  and
niobium  in the structure. J. Straczek (pers.  comm., 1979) reports that
in  Thailand the cassiterite is commonly enriched in tantalum  while in
Malaya it is relatively enriched in niobium. Some of the cassiterite
in primary lode deposits in  Thailand is magnetic. Grub and Hannford
(1966) have postulated that the ferromagnetic cassiterite which  occurs
associated with  iron  minerals is due to the presence of hydrated ferrous
stannates and ilmenite-type FeSn03. According to Bradford (1961), para-
magnetic  cassiterite, which  occurs  associated with  columbite and tanta-
lite, may be due to the presence of tapiolite solid  solutions. It has
not been reported whether  any of the cassiterites offshore are magnetic.
The coarser grains  of cassiterite in the offshore concentrates are some-
times embedded in quartz and/or feldspar.

The mineral malayaite, CaSnSiOS, an analogue of sphene which is found
in small  amounts in skarn deposits of the Thai-Malay Peninsula, has not
been reported from the offshore placers. However, it is possible that

some of the sphene mentioned as an accessory in the Takua Pa deposit

(Hoffman, 1966) is acutally malayaite. Most of the so-called pyrite is
probably marcasite. It appears to be of secondary origin and forms
branching and botryoidal shapes, although a few pyrite octahedrons have
been reported. lImenite and magnetite, which are major associated min-
erals, are altered. The siderite which  occurs as brownish  spherical

and "bowtie" aggregates is of secondary oceanic  origin. In some loca-
tions  lamandine-andradite garnets  have been reported (Hoffman, 1966).

Cornwall Offshore Tin  Deposits

Placer  tin  deposits much smaller in extent are found off the coast

of Cornwall England, shown in Figure 3. Here cassiterite eroded from
numerous tin  lodes in granites intruded during  the Armorican orogeny
have been transported to the sea since Tertiary times  (Dunlop and Meyer,
1973). In addition, several  bays in Cornwall have been receiving tin-
bearing  material from mining  operations. The St. Ives Bay, in particular,
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has been receiving tailings from mining  operations which have been con-
ducted  continuously over the past 2000 years in the Camborne-Redruth area.
Upwards of 100,000 tons of tin metal has been estimated to have been lost

in the operations of a hundred or more mines in this area. These tailings,

upon reaching the sea, although subjected to natural concentration pro-
cesses,  constitute what could be regarded as an artificially-produced
offshore placer  deposit (McGuiness  and Hamilton, 1972).

The sand deposits of St. Ives Bay are widely distributed with  their
greatest depth at low water mark where they vary from 30 to 40 feet. The

top 5 or 6 feet of the sand is generally dark in color although composed

of about 56% quartz and 25% calcite. Other  minerals include several
percent  muscovite, blue  tourmaline, chlorite, about 1% fluorite and trace
amounts  of siderite, brown  tourmaline, biotite, and cassiterite. The
cassiterite content  rarely exceeds 0.2%. The highest tin  concentrations

are found immediately off the mouth of the Red River from low water mark

out to sea and in a strip about 100 feet wide along high water mark on the

fore  shore. In both places the tin is concentrated in the top two feet
of sand. Except in a few placers, concentration is not found above the
bedrock  which is slate (Taylor, 1969). Much of the cassiterite is  ex-
tremely  fine  grained, 5-25 microns, and is tightly locked in particles

of quartz  associated with  chlorite, tourmaline, and iron minerals. A
significant percentage of the cassiterite is so fine grained and/or
tightly bound in gangue it cannot be recovered by beneficiation.

In the St. Ives Bay a similar layer exists at water depths of 30-60
feet. Again,  the highest concentrations of tin  occur in the upper few
feet. By the mid-1970's virtually the entire area around Cornwall had
been investigated for  offshore-bearing tin  sands. Beside the St Ives
Bay area, substantial reserves  have also been reported in the St. Agnes
Head-Cligga Head area. Again, much of the cassiterite is fine grained
and difficult to beneficiate. In 1975 plans were announced to work the
Cornwall  stanniferous sands in the areas farthest offshore and away from

the holiday beaches during the summer and the near-shore and beach zones

during  the winter (McGuiness  and Hamilton, 1972).
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DIAMOND

While  rubies, sapphires, and diamonds are mined from onshore placers,
the only precious gem minerals mined from offshore deposits are diamonds
which  have been recovered off the Namibian  (southwest Africa) coast in the
area north of the Orange River, illustrated in  Figure 4.

Bedrock in this area consists of ancient  Precambrian schists and
quartzites of the Gariep System. These rocks are overlain by generally
unconsolidated marine  sediments  which are Pleistocene to Recent in age.
The marine  sediments, which  contain diamonds along with other heavy
minerals, consist of gravel ranging from small pebbles to boulders and
commonly  directly overlie bedrock  (Murray, 1969).

The source of the diamonds is known to occur within the Orange River
drainage  basin,  because kimberlite accessory  minerals such as pyrope have
been found in the lower Vvalley as sediments, but the exact source is not
known. No kimberlite pipes have been reported from the lower reaches of
the river. While the Orange River and its tributary, the Vaal River,
shown in Figure 5, drain the area of Cretaceous  kimberlite pipes of the
Kimberly field, it is more than 800 km inland. According to Bascom (1964),
the Kimberly area could not have supplied the diamonds, not only because
of the distance factor, but also because diamond cutters can distinguish
between the two types of diamonds produced at a glance. However,  Bascom
does not specify the criteria they use. Sochneva and Sukhodol'skaya (1974)
have reported that  peculiar mechanical abrasion surfaces found on diamonds
in modern placers  from the northeastern Siberian Platform distinguish them
readily from non-abraded onshore  placer  diamonds. Also, the diamonds
eroded from the Kimberly area during the Pleistocene might be somewhat
different in character from those mined today.

During  the Pleistocene, when the rise or fal in the sea level was
temporarily stable  for a while, cutting of a beach platform occurred.

At least four such shelves occur above present day sea level and several
below sea level. The most prominent below present sea level occurs at -20
meters and has been traced over a.distance of 550 km. A typical profile
is shown in Figure 6. It is Dbelieved that the -20 meter platform was cut
during a stand in sea level as recently as 9000 years ago, judging from

the presence of macro- and microfauna of Recent age (Murray et al., 1970).
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Figure 6.  Section  showing typical simplified stratigraphic suc-
cession  of sediments on -20 m wave-cut  platforms. Vertical exag-
geration 10 x (after  Murray et al, 1971).

Another  extensive wave-cut  platform has been found at -75 meters and is

thought to be late Pleistocene.

The marine  deposits, where  fully developed, comprise  a series  of
beaches ranging in elevation from about 115 m above sea level to several
additional beach platforms now below present sea level Detrital
material was moved along the platform by strong  northward longshore
currents and concentration of heavy minerals took place in gullies or
pockets, or were trapped by ridges of hard quartzite. Such submarine
topographic features are illustrated in Figure 7. The important trans-
porting agents were surf and currents, and these caused heavy minerals
be selectively deposited and the lighter minerals were carried away.
Waves would have had a "jigging" motion  resulting in the minerals of

higher  density  settling to the bottom (Murray et al, 1970). Thus,
heavy minerals are distributed in a relatively thin  and discontinuous
blanket on bedrock which acted to form traps and in channeling directions
of movement. The marine  deposits consist of a succession of interbedded
marine  sands and gravels, usually commencing with a well-developed basal

gravel  resting on a series of wave-cut rock platforms descending seaward

in  steps.
It is believed that the diamondiferous basal gravels were deposited
contemporaneously with  or shortly after  the cutting of the underlying
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rock shelves and were subsequently covered by barren  quartzo-feldspathic

sands and grits which are found on the present beach (Borchers et al,
1969). The overburden varies from 20 m to the south to 3 min the north
on the present day beach and consists of a coarse beach sand with con-
siderable quantities of magnetite and garnet. In the beach deposits the
larger stones are generally found near the mouth of the Orange River
where the median size in 1964 was 1.5 carats; 50 km north  the median size
was 0.8 carats, and 150 km north 0.2 carats (Bascom, 1964). Most of the
stones are gem quality.

The wave-cut  platforms offshore were mined by dredging in the 1960's
and more recently by the construction of sea walls up to 200 m beyond low
water  (Stevens, 1975). (See Figure 8)  The overlying offshore sediments
also  consist of quartzo-feldspathic sand mixed with shell grit and contains
minor  fine-grained heavy minerals. The most common heavy mineral con-
stituents in the diamond-bearing sand gravels are epidote, iimenite,
garnet, magnetite and pyrite. Chalcedony  and jasper have also been re-
covered during  dredging. Diamond in the mining areas seldom exceeds
concentrations of one part diamond to 50 million parts  sediment by weight,
suggesting 'that recovery  must approach 100% to be economically feasible.

The diamonds are predominantly similar in character to the gemstones

Figure 8. Diagram of sea walls  built to mine diamond-bearing beach sands
in  southwest  Africa.
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recovered from adjacent onshore beach deposits, but were averaging slightly

less than half a carat in 1964, which was somewhat below the average size

obtained from the beach deposits. The offshore diamonds are typically
colorless, with  few inclusions. Colored stones are pale vyellowish or
smoky and constitute about one quarter of the total. The predominant
crystal form is a combined rhombic-dodecahedron and octahedron (Murray
et al, 1970).

AMBER

While diamond is the only precious gem recovered from offshore de-

posits, another  valuable material, amber, sometimes included as a gemstone,
comes from offshore marine  deposits. Amber is not a mineral per se, but
is a yellow-brown translucent or transparent fossil resin  derived  from
coniferous trees. Amber has variable C:H:O ratios and contains succinite
(yielding succinic acid). On land it is vulnerable to weathering and
alteration, but under water it remains relatively fresh  and unfractured.

The material occurs in large  quantities along the Baltic coast principally

in  Prussia, but it is also found on the Danish, Swedish and Russian coasts.

It has been recovered for over 3000 years from beaches where it was washed
up after storms removed the material from the seafloor. Amber collectors
also obtained it from the foreshore by following the outgoing tide on foot
or horseback  and collecting as much as possible before  the rapidly re-
turning tides  trapped  them. It was also collected from the bottom of
shallow  waters by boats with people using long-handled nets. By the

19th century amber lying in deeper water andlor embedded on the seafloor
was being collected by divers and dredges. Dredging  which  commenced in
1860 on the Kurisches Haff, ~ south of Memel on the Baltic coast where the
floor  of the lagoon which contained a bed of alluvium very rich in amber
was excavated to depths of 7-11 meters. This  operation employed about

1000 people but was mined out by 1890 (Bauer, 1968).

GOLD
Laptev  Sea Marine  Gold Placers
There has been a considerable amount of prospecting for marine gold
placers, especially in Russia, Alaska and Nova Scotia. In the USSR there
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has been a substained effort during the last several five-year programs

to study the metal potential of the USSR's continental shelves, partic-
ularly the Arctic and far eastern shelf areas (Igrevsky et al, 1972).

At South  Primor'ye in the Laptev Sea of the Arctic Ocean, shallow  marine
gold placers have been found which reportedly have been mined. The placer
gold is restricted to thin  (0.5-2.0 m) Holocene  coarse-grained marine
deposits occurring on the submarine slope of the bay, where longshore

drift has concentrated an area of relative concentration (Kogan et al,
1974).

The coastal marine  gold palcer is confined to the deep side of a
triangular-shaped bay screened on the seaward side by an island. A
number of narrow mountain  streams flow into the bay. About 10 km from
the bay, on the upper reaches of the middle of the three main streams

draining the area, an outcrop lode of gold ore occurs in thin quartz

veins with small quantities of sulfides. The vein is associated with a
Late Cretaceous biotite-hornblende granodiorite. Several  other  occur-
rences of gold-containing mineralizations are known in the area, all
associated with  this intrusive (Kashcheyev et al, 1972).

The Holocene marine  deposits are fairly widely  developed on the
submarine  slope, in the beach =zone and around the mouths of the streams
flowing into  the bay. The marine  deposit  consists of coarse-grained
sands and gravels, clayey and silty oozes and sands. Coarse-grained

sands and gravels are found on the submarine slope, on the oozes, and in

the submerged watershed area on bedrock, and form a three-meter marine
terrace. The drilling program found gold in almost all the sediments
making up the bay slope and floor, but the highest concentrations were

confined to the Holocene marine  deposits and the alluvium of the central

stream  submerged valley  bottom. In the marine deposits the gold occurs
in the near-surface layer of sediment which in places is overlain by a
thin  layer  of muds. In the central part of the bay the gold occurs in
both the alluvium and coastal portions of the overlying marine  sediments.
The placer width is about one meter, and the unconsolidated deposits have
an average thickness of one meter. In the western area a submarine  abra-

sional  terrace occurs carved on middle Paleozoic granites covered  partly
by Holocene marine sediments  about 0.5 meters thick. The gold is con-

centrated toward the basal section, and the grade rises sharply in
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individual depressions (Kascheyev et al., 1972). The richest area of the
deposit  occurs in the former, now submerged, western stream valley  where
the gold is confined to a 200 meter wide sand belt of a regressive series
of Holocene marine beds and is concentratated mainly  in the upper reaches
of the section. The thickness of the producing deposits reaches  four
meters and averages about two meters. In addition to the submarine

placers  the deposit also has a beach placer.

The mineral composition of the producing deposits are the typical

heavy mineral  assemblage of granodiorite source  material and include
magnetite, iimenite, zircon, rutile and monazite. None of these minerals
occur in  sufficient amounts to be of economic interest. Traces of bis-
mutite, barite, cinnabar  and cassiterite also are found. The concentration
of fine zircon grains  characteristically rises  with  increasing gold con-
centration. The gold has been grouped into three grain size classes:

05 + 025 mm, -025 + 0.10 mm, and -0.1 mm. The average size is 0.2 mm.

The gold particles in the -05 + 025 mmsize range are tabular with elon-
gate or irregular outlines and strongly corroded  surfaces. In the -0.25

+ 0.1 mmclass thin abraded flakes and Ilumps occur. The rounding  of the
gold particles ranges from good to complete and the surfaces of the grains
are corroded. The gold particles in the -0.1 class have spongy, Ilumpy and
irregular shapes with poor to medium rounding and a surface  which is

slightly corroded  to corroded. The spongy lumpy characteristics of the
samll  grain  fraction might be regarded as giving some support to the idea
that some of the gold found in placers is deposited from  solution (Wopfner

and Schwartzbach, 1976).

The main source of the placer gold is believed to be from alluvial
deposits of the central stream valley  which formed when the sea level was
lower than at present and was eroded during the Holocene marine trans-
gression. Concentration of gold in the marine deposits of the submarine
slope was facilitated by currents and wave action. Strong  currents are

thought to have stirred up the sediments, picking up the gold particles

from the sea floor and transporting them along the shore in a generally
westward  direction. The former valley bottom of the western stream served
as a large sink in the path of the flow of sediments. To the west of this
valley only minor amounts of gold occur (Kashcheyev et al, 1972). The
overlying of the deposit by a layer of silty and clayey oozes up to
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several  tens of centimeters thick on the surface of the bay over the

whole placer area secured the stability and preservation of the placer.
The beach placer was formed as a result of the supply and partial re-
deposition of gold-bearing bottom  material in the zone of tide and surf
action  with  additional source of erosion from a higher Pleistocene shore
terrace.

Alaskan  Marine  Gold Placers

The Seward Peninsula in Alaska has been an important source  of

placer  gold production since  the beginning of the 20th century. In the
1960's and 1970's there was considerable interest in the possibility of
offshore gold placers in the surrounding Norton  Sound and Bering Sea

(Tagg and Green, 1973), shown in Figure 9.
The Nome coastal plain  and adjacent offshore areas are underlain
by Pliocene and Pleistocene marine  and glacial sands and gravels. The

glacial drift and marine sediments  of the Nome coastal plain  are, in
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Figure 9. Map of the area in Alaska where marine placer gold deposits
are found. Also shown are onshore placer gold deposits (after  Nelson
and Hopkins, 1972).
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turn,  overlain by alluvium, silt, and peat of Wisconsin and Holocene age

(Tagg and Green, 1973).

The Bering Sea, an epicontinental sea, was most likely emergent  until
late  Tertiary time. Crustal ~ warping  then created the present marine basins.
Since late  Cenozoic time the sea has transgressed beyond the present  shore

line  several  times, producing the presently emergent buried  beaches which

have been important gold producers onshore. Between some of these trans-
gressions the sea level receded below the present level, producing rel~ct
offshore beaches now submerged. At least six separate  stands of sea level
during  the Pleistocene-Recent age have created the onshore and offshore

beach deposits. At least two of the recessions of sea level were accom-
panied by glacial invasions beyond the present shore line which may have

carried placer  gold offshore from existing lodes or onshore placers (Nelson
and Hopkins, 1972).

The bedrock in most areas is a very hard, flatbedded, dark-colored
schist, ranging  from graphitic to calcareous, occasionally pyritic with
quartz  veins in places. The depth of surfical weathering into  bedrock
seldom exceeds 1.5 cm. The overlying sediments  vary widely in character,
and include peat, soft silt, tough or compact clays, silty sands, sand
pebble and cobble gravels, boulders and extremely hard cemented gravels

(Dailey, 1969).
Nelson and Hopkins  (1972) in a study of the Bering Sea sediments  off

Nome found the richest concentrations and coarsest  particles of gold 1 mm
or larger  occurring in  seafloor relict gravels  that mantle glacial drift.
These bodies of relict gravel  formed during  transgression and regression
of the shoreline during  Pleistocene eustatic changes in sea level.

Gold is commonly scarce or absent on bedrock. Fine-grained marine
deposits rarely contain  visible gold. The glacial till, however,  con-
sistently contains small amounts as it does onshore. Outwash and
alluvial gravel at the base of stream channels incised into  glacial
drift commonly contain  some gold. The highest gold concentrations found
in the study were in gravels in the first few feet of drill cores. The
surface  sediment with the highest gold content and coarsest particles in
gold is the relict lag gravel that veneers glacial drift. The largest
gold particles are several  millimeters in  diameter. The relict gravel

is usually less than 15 cm but can occur up to 60 cm in thickness.
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The gold in the relict gravel was apparently derived  from the underlying
drift when lighter particles were winnowed out during  sedimentary pro-
cesses of shoreline transgression or regression. The gold content in
the submerged beach deposits is generally highest in places where the
submerged beaches cross the glacial drift (Nelson  and Hopkins, 1972).

The heavy mineral suite  associated with  the gold is the characteristic

metamorphic mineral assemblage  found on the Seward Peninsula, with  red
garnet  predominating. Other  minerals present include epidote, stauro-
lite, chloritoid and sphene (McManus et al, 1977; Nelson,  pers. comm.,
1979).

Marine  Gold Placers in Nova Scotia

Placer  gold occurrences in Nova Scotia from Shelbourn to New Harbour
were  drilled in the late 1960's, and one location in Munenburg  Bay mined
for a short time. The survey party looked for seaward extensions of

ancient and recent stream channels which might contain gold placers,

seaward  extensions of onshore gold-bearing strata, and scour channels

and basins in gold-bearing areas. About three miles  offshore of Isaacs
Harbour, the  drilling program  found an intersection of a major local fault
and an anticlinal crest,  which is a typical environment of local gold de-
posits. Bathymetric contours  showed it to be semicircular and domeshaped
in outline. Seismic  traverses indicated steeply-dripping beds beneath a
fairly thick  layer  of eluvium. The site is in water 25-40 meters deep in
an area of strong  currents. Nearly all the drill holes  yielded some
coarse gold which was thought to come from a nearby alluvial or eluvial
source. The highest grade deposits were found in Lunenburg Bay where

ancient drowned and buried stream channels were found to be gold bearing
and were buried beneath thick  deposits of recent sediment, mainly  silt.

Most of the gold occurred in coarse gravels but some occurred in medium-

and fine-grained sands.
OTHER PLACER MINERALS
Australian Rutile and llmenite
Heavy mineramsuch as ilmenite, rutile, zircon  and monazite  are
capable of being transported long distances without being  destroyed.
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Much of the world's production of these minerals come from beach sands.
For many years the major world producer of rutile plus associated phases
iimenite, zircon  and monazite has been the the east coast of Australia
where heavy mineral deposits ~ were deposited on present-day and Pleistocene-
Recent beaches by current and wave action, particularly during  storms.
The area shown in Figure 10, which extends approximately 1000 km between
the Hawkesbury River in New South Wales to Fraser Island in Queensland,

is fringed with sand beaches and by sand plains (McKeller, 1975). The

sand mass is composed largely of quartz with little or no feldspars, micas
or other light  minerals. Many of the onshore beaches have now been depleted
in heavy minerals by extensive mining, and most current  productions comes
from the offshore islands,mainly Fraser, North  and South Stradbroke, and

Moreton  where parabolic beach sands up to several hundred feet high are
found.
The sources of the heavy minerals are granites and schists subjected

to deep weathering since the early Tertiary. The combination of semi-

tropical environment, wave energy and littoral drift has removed unstable
minerals such as feldspar, pyroxene, amphibole  and mica. The area as a
whole is noted for the high proportion of rutile and zircon in the sands
compared to beach deposits elsewhere in the world. From south to north
along the coast there is a decrease generally in the proportion of rutile
and zircon and relative increase in  the ilmenite and monazite  fractions.

Much of the ilmenite is chrome bearing, decreasing its value commercially.
Other heavy minerals such as magnetite, garnet, tourmaline, cassiterite

and very occasionally gold are sporadic and generally constitute only a

few percent of the heavy mineral fraction (Gardner, 1955; McLeod, 1965).
Anomalously high values of ilmenite and sometimes  magnetite occur  near
source areas of Tertiary basalts.

Here, as elsewhere in the world, repeated  eustatic changes in sea
level  during the Pleistocene has given rise to a series of beach deposits,
some onshore and some now submerged. During  the Pleistocene the land mass

in  Queensland was higher than present, and the cutting power of the rivers

greater. Large amounts of sediments were transported by these relatively
fast-flowing streams. Once the rivers deposited their ~ sediments  the for-
mation  of heavy mineral concentrations depended on the configuration of
the sea floor and coast line. Under the climatic extremes  characterizing

370



Figure
coast.

QUEENSLAND

NEW

" SOUTH WALES

10.  Locality

Inset map shows continental

371

S.STRAOBRQI(E

shelf

ISIAND

(after

Hun.-

- Brishane

Kempsey

- Newcastle

Sydney

Bumett  Riv.r

Ly River

- 8tisb.n. Riv.r

.- Hasti"gs Riv.

Huntr  Ri..r

- Snow) Riv.,

Hails,

T

map of New South Wales and Southeastern

1972).

Queensland



the period, sands were swept inland forming  dunes up to several  hundred
feet  high. Remnants of this High Dune System, some of it now offshore
forming  Fraser, Moreton and North  Stradbrooke Islands, are sufficiently
numerous to suggest the system formed a more or less continuous coastal
belt  (McKellar, 1975).

Prospecting in the offshore areas around these islands as well as
southward  along the eastern  coastlines of Queensland and New South Wales
has found substantial amounts of heavy minerals but of lower grade than
the onshore  deposits. The drilling program  found a fossil strand  line
occurring in about 30-35 meters of water and evidence of a second strand
line in about 70-80 meters. Two more fossil beaches may exist at greater
depths  (Brown and McCulloch, 1970). The main occurrences of heavy mineral

offshore are as a blanket or sand layer 155 meters thick below the sea-

floor  overlying barren  material or, more commonly, as seams averaging 200-
300 meters in width and 3-5 meters in thickness in elongate fossil beaches
beneath  3-5 meters of low-grade or barren  sediments. In places the two
types  intersect giving rise to a rich zone of mineralization (Brown and

McCulloch, 1970).
In the offshore deposits variable amounts of heavy minerals are found.
Iri one area a seam of 50 weight percent heavy minerals occurred, but the
high  concentration was due to a high proportion of ilmenite and magnetite,
the contamination being due to close proximity of the Lismore Basalt near
the Tweed River. The average heavy mineral content  has been estimated at
about 0.2%, and the rutile and zircon  proportions average around 30%.
The sediments  associated with  the heavy mineral seams are fine-
grained, well-sorted, rounded gray sands. The fine gray sand usually

overlies an orange-brown sand which is usually void of heavy minerals.

Two types of rutile have been reported from the offshore deposits. One
type has the normal rutile optics; the other type has the same chemical
composition but is opaque with an appearance  similar to that of ilmenite.
On heating, this opaque phase develops the normal optical characteristics

of rutile (Brown and McConnell, 1970). The opaque phase may, in fact, be

a late  weathering product  of ilmenite or leucoxene, which  has a titanium
content  equivalent to rutile and results from preferential weathering of

iron  from the ilmenite structure, leaving the more chemically stable
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Figure  11.  Offshore placer  deposits and hydrothermal metallic

deposits of the oceans. Au:  gold; Pt platinum; Fe: iron ore;
Sn: tin; T titanium minerals; zr zircon, SE:  rare-earth
minerals among which  monazite; SM:  heavy minerals, not further
distinguished. (From  Scott, 1970b, with  supplements.) _=
exploitation =on beach or nearshore; = important exploration
activity; 1 exploration of hydrothermal metallic deposits

(after Scott, 1976).

titanium behind. limenite, as mined in placer  deposits, commonly  con-

tains  much more TiO2 than the chemical formula  for ilmenite allows and

actually consists partly of fine-grained alteration minerals rimming  the
iimenite which  converts entirely to leucoxene  when the weathering is intense
(Force, 1976). Leucoxene is the general term for fine-grained, opaque,
whitish alteration products of ilmenite commonly  consisting mostly  of

rutile and partly of anatase of sphene (Gary et al, 1972). Rutile is
among the minerals most  resistant to weathering and does not normally

form  alteration products. However,  according to Force (1976), where
weathering is intense, rutile which is high in niobium, tantalum or tin
may be unstable and recrystallize to fine-grained aggregates of anatase.

Offshore Hagnetite Sands in Western Pacific

Another  type of offshore heavy mineral occurrence is the iron sands

found in shallow water off Japan and the Philippines (Fig.  11). In  Japan,
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at Ariake Bay and Kagoshima Bay off the southern  part of Kyushu Island,
severav  million tons of iron sands were recovered during  the 1960's. At
Ariake  Bay about 600 meters off the coast in water about 50 meters deep,
the iron sands occurred as a layer about four meters in thickness and
averaging about 3-5% titaniferous magnetite. The concentrates produced
averaged  56% iron, 12% titanium dioxide, and 0.25% phosphours (Wilson,
1965). At Kagoshima Bay, the iron sands occurred at depths of 15 to 20
meters  (Bouysse,  1972).

At Lingayen  Gulf, of the northwest coast of Luzon |Island in the
Philippines, titaniferous magnetite iron sands were recovered during  the
1970's in water 3-10 meters deep. The iron sand bed averaged about six
meters  in thickness and extended for 7-8 kilometers with  a width  of
300-500 meters. Reserves  were estimated in 1972 to be about seven

million tons of contained metal  (Bouysse,  1972; Hidalgo, 1973, 1975).

Chromite  Placers  in  Oregon

Possible offshore chromite placers  may occur off the southwestern

Oregon  coast. The black beach sand deposits of southwest  Oregon, which
extend southward from Coos Bay into  northwestern California, are found

in  unconsolidated sediments in present day and raised Pleistocene ter-

races. The high  chromite conrent  of the beach sands made the area of

strategic interest during World War 1l and afterwards, when about 10,000
tons of chromite concentrates were  obtained from the raised terrace de-
posits. Associated minerals include iimenite, magnetite, garnet, zircon,
gold and platinum metals  (Bowman, 1972). The beach and upraised terrace
deposits also have been worked intermittently on a small scale for gold
and platinum minerals. According to Bowman (1972), an offshore drilling

program  during 1970 found some localized areas of heavy mineral enrich-

ment in near-surface sediments. The areas of enrichment are believed

to be associated with  submerged terrace deposits ~ which  formed during
the series  of glacio-eustatic regressions of the ocean that occurred

during  the Pleistocene.
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Chapter 6, Figure 8. Microphotographs of Blake phosphorite nodules. FromManheimet al. (1979). Figures 8e, f, g, h
are on the inside back cover.
(a) Pebble conglomerate; magnification about 2X. (b) Phosphatic infilling of micromollusc. (c) Samas (b).
showingpseudoisotropic habit of apatite with gypsunplate. and crossed polarizers (purple is isotropic to
X-rays). (d) Phosphatizedsurface of Pliocene globigerina ooze, iron-manganese-stained,overlain by
Pleistocene-Holoceneforam ooze (cementis high Mg-calcite). Magnification 4X.
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