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For most people living in temperate countries, ice is usually encountered only in small quantities on cold days 
or as small blocks in drinks. In this everyday form, ice appears to be a rigid, brittle and usually slippery mate
rial, but in glaciers and ice sheets ice can exhibit a wide variety of surprising and fascinating behaviour. It can 
flow plastically, like toothpaste, mould itself around hills and valleys, and creep and slide from high snowfields 
down towards lower ground. It can carve out huge troughs and alter entire landscapes, scouring away soil and 
other surficial material or blanketing large tracts with glacial deposits. Glaciers and ice sheets can alter the 
Earth’s climate, chilling the atmosphere and the oceans, and profoundly affecting the global hydrological 
cycle. They also preserve valuable records of past climate change locked up in ice crystals and air bubbles, and 
the oscillations of glacier margins provide direct indicators of recent climatic shifts. Furthermore, glaciers can 
store and suddenly release immense quantities of meltwater, producing catastrophic floods such as those which 
occurred in Iceland in late 1996 when subglacial volcanic activity melted the base of a portion of Vatnajokull. 
In heavily populated regions, huge volumes of glacigenic material are continuously excavated by people to use 
in buildings and roads, and many of the holes left behind are being filled by the ever-increasing mountains of 
domestic and industrial waste. Thus, either directly or indirectly, glaciers and glaciation impact upon a large 
proportion of the planet’s population.

As students in the 1970s and 1980s we were influenced by the glacial textbooks by Clifford Embleton and 
Cuchlaine King (Glacial Geomorphology, 1975) and David Sugden and Brian John (Glaciers and Landscape, 
1976), and as researchers and teachers of the 1990s we became increasingly frustrated by the lack of up-to- 
date versions of these fine volumes. As subscribers to the axiom ‘if you want something done, do it yourself’, 
we embarked upon Glaciers and Glaciation in 1993. Our aim was to produce a modern synthesis, covering all 
important aspects of glaciers and their effects. While the focus of the book is on glacial geomorphology and 
sedimentology, we have also tried to encompass important work in related fields such as glaciology and Qua
ternary studies. Glaciology as a discipline has expanded enormously in the past few decades, and its impor
tance to glacial geologists and geomorphologists is increasingly clear. It has also become a very rigorous, 
mathematical subject which can be rather impenetrable to those without a background in physics, and students 
attempting to explore the research literature can rapidly find themselves lost in a forest of frightening equa
tions. In response, we have tried to present the more important results of modern glaciology in an accessible 
way, with a minimum of mathematics. Some equations have been included, however, as a means of express
ing fundamental relationships in a concise way and as a gentle introduction to the more technical aspects of 
the literature. Contemplation of these relations should be rewarded by increased insight, although those who 
feel numerically paralysed should be able to skim them and still grasp the essentials from the text.

We hope that students will find Glaciers and Glaciation as interesting and stimulating to read as it was for 
us to write. It is intended for this book to provide substance for all levels of undergraduate training and to be 
utilized by postgraduate researchers and university teachers. Given the recent prolific production rate of glac
ier-related literature, we found it difficult to be comprehensive in our approach, and it is inevitable that some 
recent research papers will not figure in the text by the time it reaches the bookstores. We may also have missed 
something or given insufficient space to subjects that you regard as fundamental to the field. If so, please let 
us know and we will endeavour to put it right in following editions.



A book reflects an author’s personal interests and support. I have been fortunate to enjoy many enchanting 
landscapes in my career and these have fuelled a passion for glaciers and their products, a passion that devel
oped when I was at school working my way through The Principles o f  Physical Geography by F.J. Monkhouse. 
I have many people to thank for their support, encouragement and companionship since that time. My mother, 
father and sister have seen little of me since 1979 when I started my undergraduate programme, but their under- 
handing constitutes the foundation of my support network. Mike Walker provided the irresistible evidence and 
encouragement that convinced me I would flourish in the North American postgraduate system (he was cer- 
tainly correct). Bob Rogerson shared with me the wonders of Labrador, and John England supported my PhD 
research at the University of Alberta. Moreover, John provided me with the opportunity to visit Ellesmere 
I -land on numerous occasions and continues to be a source of inspiration, bestowed through a good-humoured 
^nd humble, but always rigorous, approach to research. Keep your stick on the ice scientist! I have managed 
: )  visit many exotic locations with the generous support of several institutions, the most significant being the 
Polar Continental Shelf Project, the Geological Survey of Canada, the Carnegie Trust for the Universities of 
Scotland, the Royal Society, Norsk Polarinstitutt and the University of Glasgow. A colossal and difficult task 

as the compilation of the figures for this book, and I am eternally grateful to Les Hill, Yvonne Wilson and 
I .m Gerrard of the Department of Geography, University of Glasgow, for persevering with me and the eternal 

ne last set of figures’. We would both like to thank Laura McKelvie at Arnold, who has been extraordinarily 
r_:ient with us and our tardy completion rate. Finally, and most significantly, my wife Tessa has given unfail- 

r support, especially during the writing of this book. During the later stages of its writing Tessa has enter- 
_:ned our daughter Tara, and has always given me room to keep the production rate ticking over even though 

'he has a career of her own. I couldn’t ask for more.
Dave Evans

The idea that I could make a living by studying glaciers and glaciation came as a revelation one afternoon when 
rock-climbing in the English Peak District. The catalyst was Danny McCarroll, now a lecturer at the Uni- 

er'ity of Wales, Swansea, who was then an undergraduate at Sheffield and manifestly enjoying a better life 
mine on the dole. For setting me on my path and for his continuing friendship, I owe him much gratitude. 

_ ' w ish to thank my teachers John Rice and Colin Ballantyne, who. helped me to focus my raw enthusiasm 
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1.1 THE GLACIER AS A SYSTEM
Glaciers and ice sheets are among the most fascinat
ing and spectacular phenomena on Earth, covering
- percent the Earth’s surface, and
км±щр mp over 33 million km ' o f fresh water, 

■_ -.--level over the whole globe by 
::~e> during the Quaternary Period of

. ~-~<Z ~ : л n years, global ice coverage was even 
~  re extensive, covering approximately one-third of 
'.he Earth's surface. The great waxings and wanings 
of the world’s glaciers and ice sheets have pro
foundly shaped the landscape of huge areas, scouring 
out rock and sediment and redepositing them as thick 
accumulations of glacial debris.

Glaciers are also sensitive barometers of climate 
change, growing and wasting in response to changes 
in temperature and snowfall, so the fluctuations of 
past and present glaciers serve as a valuable source of 
information on the workings of the global climate 
system. In turn, glaciers and ice sheets exert their 
own influence on local and global climate, altering 
pressure systems and wind directions, and serving to 
keep vast areas locked in perpetual cold.

Why, where and when do glaciers form, and how 
do they affect the landscape, global climate and the 
oceans? To answer these questions, it is helpful to 
visualize glaciers as systems, with inputs and out
puts, and interactions with other systems, such as 
the atmosphere, the oceans, rivers and the landscape 
(see Chorley and Kennedy, 1971; White et al.,
1984). Figure 1.1 shows the basic components of a 
simplified glacier system. Mass and energy enter the 
system in the form of precipitation, rock debris, 
gravity, solar radiation and geothermal heat, and 
leave in the form of water vapour, water, ice, rock 
debris and heat. This mass and energy is transferred 
through the system at a variety of rates, with inter
vening periods of storage within or beneath the 
glacier.

The most important input to glacier systems is 
snow and ice derived from direct snowfall, blown 
snow, and avalanching from slopes above the glacier 
surface. These inputs, known collectively as accumu
lation, will be present provided prevailing tempera
tures are low enough. This snow and ice is then 
transferred downvalley by glacier movement until it 
reaches areas where it is lost to the system, either by 
melting and evaporation or by the breakaway of ice 
blocks or icebergs, known collectively as ablation 
(Fig. 1.2). Glaciers grow where climatic and topo
graphic conditions allow the inputs to exceed the 
losses (i.e. where accumulation exceeds ablation), 
and glaciers recede where the outputs are greater 
than the inputs. The work of glaciers in modifying 
the landscape by eroding, transporting and deposit
ing rock debris can also be viewed from this system 
perspective, with debris forming another type of 
input and output.

1.1.1 Snow and ice
Solid precipitation (snow and ice) forms the primary 
input of mass for glacier systems. In most areas this 
differs from the annual precipitation total, because in 
the warm season much precipitation may fall as rain, 
so that in glaciological terms the most important fac
tor is the effective precipitation. For example, precip
itation at the centre of the Antarctic ice sheet is 
among the lowest on Earth but, because the precipi
tation falls as snow, it is more effective than in moist 
areas that lie on the threshold of glacierization. In 
order to quantify this precipitation effectiveness, Tri
cart (1969) derived a nivometric coefficient, which is 
the ratio of snow fall to total annual precipitation; a 
ratio of 1.0 indicates that precipitation is composed 
entirely of snow.

By using the nivometric coefficient in conjunction 
with precipitation totals, Sugden and John (1976) 
provided a guide to glacierization potential. Well-

accumulation zone

Fig. 1.1 An idealized cross- 
section through an ice sheet 
or ice cap when viewed as a 
system, showing the inputs 
and outputs o f mass and 
energy. (From Brodzikowski 
and van Loon, 1991. 
Reprinted by permission o f 
Elsevier)
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nourished glaciers will exist in areas where a high 
precipitation total is matched by a high nivometric 
coefficient, as may occur in humid high mountain 
environments such as the Himalaya, or in high-lati- 
tude maritime locations such as Svalbard. Regions 
that are characterized by a high nivometric coeffi
cient but low precipitation totals, such as the Antarc
tic ice sheet interior and Canadian High Arctic, will 
be suitable for long-term glacier survival even 
though vigorous glacier growth is not possible. 
Clearly these aspects of precipitation are crucial to 
the glacierization potential of an area, but glacier sur
vival depends on other factors apart from the gross 
accumulation; the production of glaciers is most 
often the result of a complex interplay between pre
cipitation, altitude and latitude.

The development of glaciers depends on the sur
vival of snow and ice from one year to the next, and 
this is crucially dependent on both climatic and topo
graphic factors. Climatically, the most important fac
tor is the amount of energy available to melt ice, 
which in most areas is closely related to air tem
perature. Mean annual temperatures provide very lit
tle information on the degree of glacierization, 
however, but there is a close relationship between 
ablation and the number of days when temperatures 
are greater than 0°C (positive degree-days). The 
more positive degree-days, the less the likelihood of 
ice persisting throughout the year. Topographic fac
tors influencing glacier survival are local slope and 
the presence of deep water at the glacier margin. 
Snow accumulating on or above steep slopes may 
avalanche down to lower altitudes where ablation 
rates are higher, and glaciers terminating in deep 
water lose large amounts of mass by the breakaway 
of icebergs, a process known as calving.

Most glaciers can be subdivided into two zones, an 
inner or upper zone where annual accumulation 
exceeds losses by ablation, and an outer or lower

Fig. 1.2 A  simplified model of 
an ice sheet system showing 
distribution o f mass input and 
ou tpu t and related flo w  
characteristics. Basal sliding is 
assumed to  occur, and is at a 
maximum in the vicinity o f the 
equilibrium  line. (From Sugden 
and John, 1976)

zone where ablation exceeds accumulation. These 
two zones are known as the accumulation zone and 
the ablation zone respectively and are separated by 
the equilibrium line, where annual accumulation and 
ablation are equal (Fig. 1.2). The positioning of the 
equilibrium line (the equilibrium line altitude or 
ELA) is dictated by local and regional climate and 
topography. The processes of accumulation and abla
tion are reviewed in detail in Chapter 2.

1.1.2 Meltwater
Meltwater is an extremely important component of 
glacier systems. Outputs of water from melting glac
iers exert a very strong influence on the hydrology of 
proglacial areas, and feed water into other parts of 
the global hydrological system, including the oceans 
and the atmosphere. As it flows from glacier margins 
towards the sea, meltwater shapes the land, carving 
out gorges and depositing broad spreads of gravel, 
sand and silt. Within and beneath glaciers and ice 
sheets, liquid water profoundly affects glacier behav
iour, controlling rates of glacier flow and influencing 
the processes and rates of erosion and deposition. 
The behaviour and work of meltwater are described 
in Chapter 3.

1.1.3 Glacier motion
Snow and ice is transferred from areas of accumula
tion to areas of ablation by glacier flow. Flow takes 
place by a variety of processes, which can be 
grouped together as sliding, deformation o f  the ice. 
and deformation o f  the glacier bed. By one or more 
of these processes, glaciers move slowly across the 
landscape, delivering snow and ice to areas where 
ablation exceeds accumulation, and me!:” ater ^nd 
icebergs can leave the system as outputs. G ^cier 
motion occurs when the forces exenei ?;• :r.e ••• e;eht



6  G la c ier s

and surface slope of the ice overcome the strength of 
the glacier or its bed, allowing the ice to slide past 
obstructions on the bed, or the ice to deform like 
slow, semi-molten lava. When the whole system is in 
balance, rates of glacier flow match the rates at which 
snow and ice are added and lost in the accumulation 
and ablation areas, so that the inputs, throughputs 
and outputs exist in a state of dynamic equilibrium. 
However, various factors can throw the system out of 
balance, causing glaciers and ice sheets to exhibit all 
kinds of surprising behaviour, such as rapid advances 
or retreats which are unrelated to climate. The 
processes and patterns of glacier motion form the 
topic of Chapter 4.

1.1.4 Erosion, transport and deposition
As glaciers and meltwater flow across the landscape, 
rock detritus is picked up, transported and rede
posited. Glaciers are among the most effective agents 
of erosion on Earth, excavating impressive troughs 
and fjord basins and scouring broad areas clear of 
soil and debris. They are also very efficient trans
porters of debris, carrying vast amounts of silt, sand, 
gravel and boulders up to several hundreds of kilo
metres from their source areas. This debris is then 
deposited in many types of environment, ranging 
from the glacier sole to the ocean floor many hun
dreds of kilometres from the ice margin itself. Ero
sion, transport and deposition in the subglacial 
environment form the subject of Chapter 5, and the 
input and throughput of debris at the ice surface and 
within the glacier are described in Chapter 6. Depo
sition at the ice margin and in deep water is discussed 
in Chapters 7 and 8, respectively.

1.1.5 Lakes and the oceans
The presence of glaciers and ice sheets exerts a 
strong influence on the distribution of lakes and 
regional and global sea-levels. Glacier margins dam 
up temporary lakes, and glacial erosion scours out 
deep and permanent lake basins. The expansion of 
ice sheets removes water from the global hydrolog
ical system to the extent that the world’s oceans 
were some 150 m lower at the last glacial maximum 
than at present. Counteracting this, ice sheet growth 
pushes down the underlying Earth’s crust, allowing 
ocean waters to flood in around the ice sheet mar
gins. Many of the world’s glaciers and ice sheets 
terminate in deep lakes or the sea. Water-terminat
ing glaciers are subject to mass loss by calving, 
which renders them inherently less stable than 
land-terminating glaciers, a fact that has important 
implications for the stability of the West Antarctic 
ice sheet, the base of which is mostly below sea- 
level. The interactions between glaciers and deep

water bodies, and processes of subaqueous sedi
ment transport and deposition, are described in 
Chapter 8.

1.1.6 Glacial sediments, landforms and 
landscapes
In the mid- and high latitudes, the most obvious 
legacy of glaciers and ice sheets is the range of sedi
ments and landforms left behind after deglaciation, 
including corries, troughs, drumlins and moraines. 
These sediments and landforms can be used to recon
struct the extent and behaviour of former ice masses, 
and provide vital clues to the past and present work
ings of the global climate system. Glacial sediments 
and landforms are also important from an engineer
ing point of view, because so much human activity 
takes place in terrain affected by glacier erosion or 
deposition (N. Eyles, 1983a). Part Two of this book 
is concerned with glacial sediments, landforms and 
landscapes: Chapter 9 deals with landforms and 
landscapes of erosion, Chapter 10 with types of sed
imentary deposit, Chapter 11 with depositional land
forms, and Chapter 12 zooms out to the widest scale 
to describe the overall impact of glaciation on whole 
landscapes.

The remainder of this Chapter reviews the large-scale 
interactions between glacier systems, climate and 
topography as a basis for understanding the mor
phology, extent, and past and present distribution of 
glaciers and ice sheets.

1.2 INTERACTIONS WITH 
CLIMATE

1.2.1 Glacier formation and decay
The past 2 million years or so of Earth history (the 
Quaternary Period) have been characterized by peri
odic climatic fluctuations between cold conditions, 
when glaciers and ice sheets have become more 
extensive than today, and warmer conditions when 
ice cover is much reduced (Fig. 1.3). One of the 
major achievements of Earth science in recent years 
has been to show that this sequence of glacial and 
interglacial periods is primarily driven by cyclical 
changes in the Earth’s orbit around the Sun (Imbrie 
and Imbrie, 1979; Berger, 1988; Imbrie et al., 1992. 
1993). Three orbital cycles have been identified (Fig.
1.4). First, the shape or eccentricity of the Earth's 
orbit fluctuates, becoming more or less elliptical on a 
cycle of about 100,000 years; second, the tilt or 
obliquity of the Earth’s axis relative to the orbital 
plane fluctuates over a 41,000-year cycle; and third.
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the direction of tilt of the Earth’s axis relative to the 
fixed stars undergoes a 23,000-year cycle {preces
sion) which alters the timing and variability of the 
seasons. Taken together, these cycles cause variations 
in the amount of solar radiation received throughout 
the year on different parts of the Earth’s surface, thus 
altering the most fundamental input to the Earth’s cli
mate system. This external forcing mechanism 
brings about responses and chain reactions in the 
Earth’s internal elements (notably the atmosphere, 
the oceans, the hydrological cycle, vegetation cover, 
and glaciers and ice sheets) which act as a linked sys
tem (Bradley, 1985; Imbrie et al., 1992, 1993). 
Changes in one part of the Earth system in response 
to an external change can bring about responses in all 
the other elements because they are coupled or con
nected. This can set up feedback loops which can 
amplify the original signal, causing a non-linear 
response of the global climate system. Glaciers are 
thought to play an important role in global climate 
change, serving to amplify or dampen climatic varia
tions. Therefore, glacier growth may be both a con
sequence and a cause of climatic change, 
complicating any attempt to understand the timing 
and severity of glacial cycles (Fig. 1.5; Imbrie et al., 
1993).

Although it is generally agreed that ice sheets take 
longer to grow than to decay, considerably more 
information is available on the decay of ice sheets 
than on their inception. This is largely because geo- 
morphic and stratigraphic evidence of glacier reces
sion has a far better preservation potential than any 
evidence pertaining to glacier buildup (Andrews and 
Barry, 1978; Dyke and Prest, 1987; Ruddiman and 
Wright, 1987; Mangerud, 1991a, b; Clark and Lea, 
1992; Clark et a l ,  1993). On any one glacier or ice 
sheet, ablation rates are usually three or four times 
the accumulation rates and, therefore, decay times 
should be one-third to one-quarter of growth times 
(Paterson, 1994). Because of the significant impact 
of iceberg calving at marine margins and proglacial 
lakes during deglaciation, decay rates can be even 
faster than this (Section 8.2.4). Evidence of global 
sea-level changes of the order of >10 mm yr , which

provide an indicator of rates of change of terrestrial 
ice sheets, indicate that some inception periods may 
also be rapid but short-lived (Ruddiman and McIn
tyre, 1979; Cronin, 1983; Chappell and Shackleton, 
1986; Shackleton, 1987; Mix, 1992; Muhs, 1992), 
constituting a series of ‘glacial buildup periods’ and 
culminating in a glacial maximum (Andrews and 
Barry, 1978). Similarly, rapid ice-sheet decay is 
recorded in rising global sea-levels (e.g. Fairbanks,
1989).

There is now compelling evidence from both land 
and oceans to suggest that the large northern hemi
sphere ice sheets were characterized by relative 
instability during the last glacial cycle. For example, 
the stratigraphy of the Hudson Bay area has been 
interpreted as evidence for more than one growth 
and decay phase of the Laurentide ice sheet during 
the last (Wisconsinan) glacial cycle (Shilts, 1982b, 
1984b; Andrews et al., 1983; Laymon 1991; Thor- 
leifson et al., 1992; Clark et al., 1993). Further
more, sediment cores from the North Atlantic have 
been found to contain several layers of lithic frag
ments (Heinrich layers) dating from the last glacial 
cycle and interpreted as ice-rafted debris carried by 
successive ‘armadas’ of icebergs (Heinrich, 1988; 
Grousset et a l ,  1993; Bond and Lotti, 1995). These 
ice-rafting events are thought to record episodes of 
advance and breakup of the eastern margins of the 
Laurentide ice sheet, as the result either of changes 
in ice sheet dynamics or some unknown climatic 
forcing mechanism (e.g. Bond et al., 1992, 1993; 
MacAyeal, 1993a, b). Such evidence indicates that 
even large ice sheets are dynamic systems, 
responding relatively rapidly to climatic forcing 
and internal instabilities, and undergoing huge 
changes in volume over thousands of years. These 
rapid volume changes have profound implications 
for glacial geomorphology, best illustrated in fea
tures such as ice flow directional indicators, which 
record complex changes in ice divides, ice disper
sal centres and zones of fast glacier flow (Section
12.4).

Because of the lack of data pertaining to the 
process of glacier formation and growth (glacieriza-
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tion), models of ice sheet inception are largely theo
retically based. Glacierization models have been 
applied to the inception of the former Laurentide ice 
sheet of North America, an early example being that 
of Flint (1943, 1971), who proposed the highland 
origin, windward growth model (Fig. 1.6). This 
model emphasizes the role of precipitation in moun
tain areas in glacier growth and can be summarized 
in fourphases (Ives etal., 1975). (a) Snow from storm 
systems, as they climb over mountain masses, pro
duces ice sheets in high mountains (e.g. the Torngat 
Mountains in North America), (b) Ice fields grow 
fastest in the directions that bring the most precipita
tion. In the case of the Laurentide ice sheet this pro
duced a westward migration of the ice divide and a 
reversal of flow across the western flanks of the Torn
gat Mountains, (c) Icefield growth results in total 
inundation of all high summits, (d) Deglacial thin
ning reverses the process, and the ice divide migrates 
back to the mountains. This results in the location of 
the last ice remnants in the very place where they 
were initiated.

Alternative models emphasize the coupling of 
regional-scale topography and climate. Lamb and 
Woodroffe (1970) identified high-latitude areas as 
being particularly susceptible to glacierization 
because they were on the threshold of hosting perma
nent glacier ice. Their postulates were expanded theo
retically by Ives et al. (1975), who refined a model 
referred to as instantaneous glacierization (Ives, 
1957) for the growth of the Laurentide and 
Fennoscandian ice sheets. According to this model, 
snow accumulating on plateau areas first produces

Fig. 1.6 The highland origin, w indward grow th model o f ice 
1943, 1971)

small plateau glaciers and then expands and coalesces 
to produce a multi-domed ice sheet. The buildup of 
permanent snowfields on Baffin Island during the Lit
tle Ice Age has been used as an analogue for continen
tal ice sheet inception by Barry et al. (1975). They 
concluded that a widespread and rapid lowering of 
regional snow lines on upland plateaux in the eastern 
Canadian Arctic was a response to only minor sum
mer cooling and that this supported the concept of 
instantaneous glacierization. The climatic feedback 
mechanisms inherent in this model were expanded 
upon by Williams (1978, 1979), who provided data 
suggesting that late-lying snow cover across the 
whole of the Canadian Arctic effectively reduced 
mean air temperatures and increased precipitation 
over an 8-year instrumented period. Therefore, 
although astronomical forcing appears to be neces
sary to initiate long-term climate change, it can be 
seen that once an ice cover is established, it provides 
a climatic feedback to further ice sheet growth. In fact, 
Williams (1979) concluded that the reduced tempera
tures produced by the snow/ice coverage are more 
critical to glacierization than precipitation. For exam
ple, a lowering of temperature by 10-12°C is required 
to initiate glacierization of the Keewatin and Labrador 
sectors of the Canadian Shield. This concept was 
expanded by Koerner (1980), who suggested that an 
extension of the average period of annual snow cover 
and therefore an overall increase in the amount of 
solar radiation reflected back into space (albedo) is 
most effective as a climatic feedback mechanism at 
the start of a glacial period, rather than the growth and 
feedback of ice caps themselves.
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The growth of ice sheets with large marine-based 
components was explained by Denton and Hughes 
(1981 a) and Hughes (1986) by the marine ice trans
gression hypothesis (MITH). In this model, glacier
ization is triggered by the extension of permanent 
sea-ice into inter-island channels and large marine 
embayments. The sea-ice then develops into fa st ice. 
The ice cover reflects radiation out to space, thus 
reducing regional temperatures so that the snow line 
can decline to sea-level. Snow accumulation helps 
the fast ice to thicken into ice shelves, which even
tually ground to form a marine ice dome. Because 
the marine ice domes ‘plug’ all the surrounding 
watersheds, sea-levels drop and continental ice 
sheets grow through instantaneous glacierization. 
Hughes (1986) claims that the MITH incorporates 
the essentials of both instantaneous glacierization 
(lowering plateau snow-lines) and highland origin, 
windward growth (ice domes triggering convective 
snowfall). The MITH glacierization sequence is 
compared with those of the highland origin, wind

ward growth and instantaneous glacierization mod
els in Fig. 1.7, which illustrates the vast differences 
in size of possible initiation areas. The larger initia
tion areas proposed by the MITH are seen as crit
ical to the rapid and uniform development of ice 
sheets over large areas (Hughes, 1986). This is 
indeed an important attribute of any model in the 
light of the evidence for ice sheet instability dis
cussed above.

1.2.2 Effects of ice sheets on climate
Once ice sheets are established, they have consider
able, large-scale impacts on regional climate and can 
often regulate their own existence (Oerlemans and 
van der Veen, 1984; Paterson, 1994). For example, an 
ice sheet can exist for some time in a state of dis
equilibrium with prevailing climate, because its sheer 
size not only produces a lag in response time but also 
provides its own environmental buffer to outside 
forcing mechanisms. Ice masses at high latitudes are

w

Ш
s i

Fig. 1.7 A comparison o f the vari
ous hypotheses fo r  the form ation 
o f the Quaternary ice sheets of 
North America, north-west Europe 
and Antarctica. Left -  highland ori
gin, w indw ard growth; centre -  
instantaneous glacierization; right
-  marine ice transgression. Areas 
o f in itia tion  are black, stages in 
grow th are solid, dashed and dot
ted profiles (top diagrams) and the 
maximum extent o f ice is the 
hachured line. Arrows show the 
routes o f the major storm tracks 
supplying snow to  the  grow ing 
ice sheets. (From Hughes, 1987. 
Reprinted by permission o f Scandi
navian University Press)
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particularly difficult to remove from the landscape 
because, even though accumulation may have 
dropped off considerably, ablation rates are 
extremely low and the ice can modify its local cli
mate to some extent. The corollary is that some glac
iers are essentially relics of former climates (e.g. 
Bradley and Serrez, 1987).

Once an ice sheet has grown, it modifies its own 
surface temperature and precipitation patterns. 
Where an ice sheet forms a dome up to 50 km wide, 
precipitation can increase with increasing altitude all 
the way to the summit. Where an ice sheet expands 
to form a dome of continental proportions, however, 
the increase in precipitation with altitude occurs only 
at the outer margins of the ice sheet, and nearer to the 
summit the precipitation, and thus ice discharge, 
drops off considerably. For example, the accumula
tion rate for the Antarctic ice sheet is 10 times greater 
at most parts of the coast than at the ice sheet centre. 
The high albedo and high elevation of ice-sheet cen
tres produce very low temperature values, especially 
during the winter months; winter values plunge to 
-7 0 °C  over Antarctica and to -4 0 °C  over Green
land. The sheer sizes of these ice bodies ensure that 
they exert a large influence over global as well as 
local-scale climate patterns.

The impact of ice sheet growth on global climate 
is manifest in the equator-pole temperature gradi
ent. Because ice sheets reduce the absorption of solar 
radiation, they will accentuate the thermal contrasts 
that already exist between polar and equatorial 
regions. Global atmospheric circulation will always 
react to the increased equator-pole temperature gra
dient created during glaciations, especially in the 
northern hemisphere. This it does by increasing the 
strength of east-west (zonal) and north-south 
(meridional) circulation.

The climatic impacts of ice sheets have been mod
elled by a number of researchers and are thought to 
influence changes in the configuration and marginal 
oscillations of the ice sheets themselves. Important 
parameters in such models are the impacts of the 
reflection of solar radiation by a growing ice sheet 
(albedo feedback), precipitation changes induced by 
the interruption of regional climates by ice sheet 
growth, and the vertical movement of the crust in 
response to ice loading/unloading (see Sections 1.3 
and 1.5; Budd and Smith, 1981; Manabe and Broc
coli, 1985; Broccoli and Manabe, 1987a).

The responses by different margins of an ice sheet 
to climatic change are dictated by their boundary 
conditions. For example, the West Antarctic ice 
sheet, which is largely grounded below sea-level and 
terminates in large floating ice shelves in the Ross 
and Weddell Seas, responds strongly to changes in 
sea-level and is very susceptible to global-scale 
glacial-interglacial cycles and their attendant sea-

level fluctuations. In contrast, the East Antarctic ice 
sheet is mainly grounded above sea-level, and 
responds at a much slower rate to direct changes in 
snow accumulation and temperature (Peixoto and 
Oort, 1992; Fig. 1.8).

Some glacier bodies appear to be in long-term 
equilibrium with the present climate of the Earth. 
The Antarctic and Greenland ice sheets are regarded 
as more or less permanent features of the Earth’s pre
sent surface configuration of land and ocean masses. 
The Antarctic ice sheet as a whole has remained rel
atively stable since its inception in the Miocene 
Epoch, more than 20 million years ago (Denton et 
al., 1993; Section 1.7.2.1). Changes in global climate 
produce only minor oscillations at the margins of the 
Antarctic ice sheet compared with the growth and 
decay of the northern hemisphere Laurentide and 
Fennoscandian ice sheets. The Greenland ice sheet, 
by contrast, probably fluctuates to a far greater 
degree than the Antarctic ice sheet in response to 
glacial/interglacial climates. Evidence for this comes 
from interpretations of ice cores from the Canadian 
Arctic ice caps and the Camp Century and Dye-3 
cores on Greenland (Koerner, 1989). It was sug
gested by Koerner that the Greenland ice sheet may 
have completely disappeared during the last inter
glacial, accounting for a 6 m rise in global sea-level 
at that time (Chappell and Shackleton, 1986). This 
questions any collapse of the West Antarctic ice sheet 
during the last interglacial (e.g. Hughes, 1972, 1973; 
Mercer, 1978; Sugden, 1988), which combined with 
the melting of a large part of the Greenland ice sheet, 
would have created far higher global sea-levels than 
those recorded: global sea-level rises are of the 
order of 8 m for both the Greenland and West 
Antarctic ice sheets producing a total of 16 m for a 
complete ice sheet melting scenario (Barry, 1985). 
Furthermore, evidence suggests that the ice shelves 
of the West Antarctic ice sheet are largely in equi
librium with present interglacial conditions (e.g. 
Fastook, 1984; Lingle, 1984), and so even during 
the warmer parts of interglacials the marine margins 
of the ice sheet are not necessarily prone to massive 
collapse.

The profound influences of former ice sheets on 
global climate have been modelled using general cir
culation models (GCMs), which are computer simu
lations of global atmospheric circulation (e.g. Lamb 
and Woodroffe, 1970; Williams et al., 1974: 
CLIMAP, 1976; Gates, 1976a, b; Manabe and Broc
coli, 1984a, b, 1985; Kutzbach and Guetter. 198^: 
Broccoli and Manabe, 1987a). Such m odel' ha’, e 
shown that the Laurentide ice sheet acted a>  ̂ : r - 
graphic barrier to atmospheric circulation. 
the mid-latitude westerly jet streams. At the 
the result was the deflection of the m id-U :::_de • e< - 
erlies around the northern and south.e~ . _ ■ -



Fig. 1.8 The extent o f areas presently below sea-level beneath the Antarctic ice sheet. (From Denton et al., 1993. Repro- 
-_ :e n  by permission o f Scandinavian University Press)

the ice sheet. Because it flowed across an area where 
the intense insolation reflection from the ice sheet 
was producing a cold air mass, the flow of cold air
- '.'.ributed to the maintenance of a thick sea-ice 
cover on the North Atlantic Ocean. At the same time, 
the western portion of the ice sheet essentially 
"c .-m e a permanent blocking anticyclone. The pres
ence of the ice sheet also severely affected precipita- 
::: r. values during full glacial conditions. A large 
.:r.re .;'e in evaporation and sublimation over the 
Laurentide ice sheet reduced the amount of moisture 
_ _ i-hie to the atmosphere, prompting Broccoli and 
M-irube 11987a) to refer to the ice sheet as a moisture

• A s a  result o f this, the regions surrounding the 
'heet 'Uttered from large decreases in precipita-

-  r e-peciallv in the summer. The exception to this 
". ; - i '  the immediately to the south-east of the
-- here rrecipitation increased. This was

" - nnnental band of higher precipitation
. . .  ' . - _er -  the North Atlantic to

. ~  : . Fer.noscandian ice sheet,
:*■ ■ - ' v _ . _  i- the strengthening of the
-ГШП -- e'terlies and increased

storminess (Broccoli and Manabe, 1987b). It is sug
gested by Broccoli and Manabe (1987b) that this ice 
sheet-induced storm track forms part of a self-sus- 
taining mechanism for ice sheet growth and mainte
nance, particularly at the southern limits of the last 
northern hemisphere ice sheets.

Obviously an abundance of precipitation is critical 
to the growth and maintenance of ice sheets, but the 
westerlies that fed moisture to the Laurentide ice 
sheet would be exhausted by the time they reached its 
eastern margins. Herein lies the partial validity of 
Flint’s (1943, 1971) windward growth model for ice 
sheets. Can this be applied in any way to the known 
growth of the Laurentide ice sheet?

Certainly the north-eastern sector of the ice sheet 
appears to have stood at its last glaciation maximum 
position at a much later date than any other margin 
(Miller and Dyke, 1974; Dyke and Prest, 1987; Clark 
et al., 1993). Opinions on the asynchronous advances 
of different margins of the Laurentide ice sheet dur
ing a single glacial cycle have evolved since the work 
of Prest (1969; Fig. 1.9A), and are summarized by 
Dyke and Prest (1987). Research in the 1970s indi
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cated that oscillations of the north-eastern margin of 
the ice sheet on Baffin Island were out of phase with 
oscillations of the southern margins in the United 
States. Furthermore, the north-eastern margins 
underwent progressively less extensive advances 
throughout the last glacial cycle, in contrast to the 
progressively more extensive advances of the south
ern margins (Fig. 1.9B). A simple climatic theory 
was put forward to explain such asynchrony. The 
more extensive advances on Baffin Island were 
thought to be a function of early ice sheet inception. 
Later advances were more restricted, owing to the 
blocking of storm tracks by the developing southern 
mass of the ice sheet, which led to severe reductions 
in accumulation in the north-east sector. Further 
work on the dating of ice margins rendered this sim
ple climatic theory largely untenable (Fig. 1.9C), as 
advances at both southern and northern margins were 
seen to be more synchronous. The most recent phase 
of research has established that some asynchrony 
does indeed exist and that the south-east and north-

DISTANCE

Fig. 1.9 Changing interpretations o f the asynchronous 
marginal oscillations o f the Wisconsinan (last glaciation) 
Laurentide ice sheet, interpretations A-D are explained in 
the text. The letters e, m and I refer to  the early, middle and 
late Wisconsinan advances. (From Dyke and Prest 1987. 
Reproduced by permission o f Les Presses de I'Universite de 
Montreal)

east margins of the ice sheet were out of phase with 
the north-west, south-west and south margins (Dyke 
and Prest, 1987; Clark et al., 1993; Fig. 1.9D). Such 
asynchrony is less obvious or even non-existent in 
smaller ice sheets (e.g. the North American 
Cordilleran ice sheet; Fig. 1.10), where ice volume 
changes in various sectors are not affected by 
regional-scale climate variability.

1.3 INTERACTIONS WITH THE 
LANDSCAPE
Although climate is of fundamental importance to 
the inception and growth of glaciers, the form of the 
landscape dictates the threshold conditions for glac
ier occurrence and determines glacier morphology. 
Given the necessary climatic thresholds for glacier
ization, a glacier will form, but certain landscapes 
will produce glaciers of specific size, shape and 
longevity. Landscapes, particularly those of high 
relief, also provide the potential energy for the glac
ier system and are critical to the inputs of rock 
debris.

At the largest scale, ice sheets such as the former 
Laurentide or present Antarctic and Greenland ice 
sheets will accumulate in large continental interiors 
where temperatures are cold enough to allow snow 
and ice to persist throughout the year. Mass is lost 
from such ice sheets largely through calving into 
marine embayments (Section 8.2.4). Marine embay- 
ments may be created by the ice sheets themselves, 
either through erosion or by the isostatic downwarp- 
ing of the crust under the weight of the ice. Ice load
ing has resulted in vast areas of the land surface 
beneath the Antarctic and Greenland ice sheets being 
depressed below present sea-level (Fig. 1.8). Accel
erated calving at marine-based sectors of ice sheets 
can drain large amounts of ice from continental inte
riors, and large ice bodies with a considerable 
marine-based component, such as the former Lau
rentide and present West Antarctic ice sheets, have to 
supply large amounts of ice to their marine margins 
in order to prevent collapse and disintegration. Such 
large-scale collapse is thought to have characterized 
the retreat of parts of the Laurentide ice sheet at the 
end of the last glaciation, for example in the area of 
Hudson Strait, although some of the most persistent 
sectors of the ice sheet (Hudson Bay and Foxe Basin 
were marine-based and located on crust that w av 
glacioisostatically depressed hundreds of n:etre- 
below sea-level (Andrews, 1987a). It is though: that 
some ice sheets, like the former Barents Shelf ice 
sheet, possess a self-regulating m echan>~ hereb\ 
ice buildup on the continental shelf .. " \  . pro
duces massive calving once glacio:- loading
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Fig. 1.10 Schematic time-distance diagrams o f ice sheet advance and retreat in areas covered by the Laure"-: : 
Cordilleran ice sheets. A lternative interpretations are shown fo r some areas. (From Clark e t al., 1993. Reproducer: : 
mission o f Elsevier)

has taken full effect (Weertman, 1961a). A similar 
model has been presented by N. Eyles and McCabe 
(1989a) for the Irish Sea portion of the former British 
ice sheet. Large quantities of mass may also be lost 
to terrestrial deep water bodies where ice sheets 
block the natural drainage of a region. For example, 
the south and south-western margins of the Lauren
tide ice sheet began to retreat rapidly once proglacial 
lakes Agassiz and McConnell were at their maximum 
extents and thus inducing massive-scale ice-front 
calving (Hughes, 1987; Teller, 1987). Smaller scale 
but nonetheless important calving of mass was 
induced by glacial Lake Naskaupi, dammed between 
the eastern margin of the Laurentide ice sheet and the 
Torngat Mountains of Labrador and Quebec (Vin
cent, 1989).

Wherever glaciers occur, they interrupt the flow 
towards the surface of heat generated by radioactive 
decay in the Earth’s interior (geothermal heat flux).

A large ice mass occupying a considerable r . - :t 
the Earth’s surface will slow down the rele. . i 
this heat to the atmosphere. Furthermore. 
mal heat produces a significant amount of subg . .  л  
melting and, combined with glacier th ickne- ■ I  
determine the thermal characteristics of tbe a 
ice. A thick polar ice cap or ice sheet .. r
enough geothermal heat to ensure that large . .  r 
the glacier sole are constantly melting. The ~  - 
ter so produced may either percolate thr : _. ■ 
subglacial sediments or form a large subglu. _ 
both of which occur beneath the Antarctic ice 
at various locations. Alternatively, the me:: п я  
may migrate some distance in the direction • : 
ice sheet margins. It has been suggested b> . ч 
mans (1982) that such meltwater migration ~  _ r  - 
tiate a large-scale surge when it reaches the ~ i. 
draining large amounts of ice from the inter. - ~*i > 
surge would reduce the ice thickness and й кш
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geothermal heat to escape, thereby reducing basal 
temperatures below the melting point and allowing 
ice to build up once more, thus allowing the cycle to 
be repeated. The binge-purge cycles resulting from 
this mechanism have been invoked by MacAyeal 
(1993a, b) as a possible cause for cyclic growth and 
decay of the Hudson Bay sector of the Laurentide 
ice sheet during the last glacial cycle (Section
4.8.3).

Certain topographic and geologic settings are 
critical to the formation and persistence of large 
glacier bodies. Using a numerical ice sheet model 
for the Loch Lomond Stadial ice caps of Scotland, 
Payne and Sugden (1990) demonstrated that topog
raphy plays a critical role in the dynamics of ice 
sheet growth. For example, the combined effects of 
various temperature depressions and topography on 
ice sheet volume increases over time are presented 
in Fig. 1.11, which illustrates the responses of pro
gressively growing (unstable; A) and steady-state 
(B) ice caps. During cooler conditions, steady-state 
ice caps are produced when ice flows down to 
lower altitudes, where ablation can balance accu
mulation. Conversely, relatively unstable ice caps 
are produced when ice flows into lowland areas 
surrounded by highland terrain, where ablation is 
unable to balance accumulation and ice begins to 
thicken; a feedback loop is set up as the ice surface 
rises and increases the accumulation further. Such a 
situation is thought to have arisen during ice sheet 
buildup at Rannoch Moor, Scotland, which is sur
rounded by high mountains and lies 400-600 m 
above sea-level.

At smaller scales, glaciers may exist in areas 
where topography and climate conspire to produce 
anomalous snow accumulation patterns. Good 
examples of this are cirque glaciers produced by 
wind-blown snow accumulating in sheltered lee 
slopes (e.g. Dolgushin, 1961, for the Urals). Simi
larly, in Norway, fa ll glaciers, which are a form of 
glacieret (see Section 1.4.2.6), accumulate at the 
base of steep rock walls in troughs and fjords, 
where they are fed by ice avalanching from plateau 
ice caps at higher altitudes (e.g. Gellatly et al., 
1986a, b; Evans and Fisher, 1987). In both cases 
glaciers may exist below the regional equilibrium 
line altitude.

1.4 GLACIER MORPHOLOGY

Overall glacier form is a function of climate and 
topography, and the morphology of any one glacier is 
unique to its location on the Earth’s surface. Conse
quently, a wide variety of glacier morphologies exist, 
and clearly these form a continuum from the smallest

ICE VOLUME 
(km’)

Fig. 1.11 Ice sheet volumes produced by stepped, con- 
stant-temperature depressions fo r interm ontaine basins (A) 
and isolated upland areas (B). The bifurcation in behaviour 
is h igh lighted by the contrast between curves A and В and 
cross-sections o f grow th stages associated w ith  the tw o 
types o f topography. (From Payne and Sugden, 1990. 
Reprinted by permission o f John W iley & Sons)

niche glacier to the largest ice sheet. However, we 
can adopt a general classification scheme which will 
serve as a reference point throughout subsequent d i'- 
cussion. The scheme used in this book (Table 1.1 > 
based on the classifications developed by Omm^nr.r;. 
(1969), 0strem  (1974), Armstrong et al. i 19—5 >  ̂
Sugden and John (1976).

1.4.1 Ice sheets and ice caps
Ice sheets and ice caps submerge the
least in their central portions, and are r.eJ
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Table 1.1 Classification scheme for glacier 
morphology

First-order classification Second-order classification
Ice sheet and ice cap Ice dome

unconstrained by Ice stream
topography Outlet glacier

Glaciers constrained or Icefield
controlled by topography Valley glacier 

Transection glacier 
Cirque glacier 
Piedmont lobe 
Niche glacier 
Glacieret 
Ice apron 
Ice fringe

Marine glaciers Icc rise
Glacier ice shelf 
Sea-ice ice shelf

by topography to such an extent that ice flow is 
largely independent of undulations in the bed. How
ever, at the margins of ice sheets and ice caps, faster- 
moving ice streams and outlet glaciers are located 
over depressions in the glacier bed. A size of
50,000 km" is adopted as the threshold between an 
ice cap and an ice sheet. Thus the ice masses 
presently covering Antarctica and Greenland and 
those formerly covering Scandinavia, North Amer
ica, the British Isles and the Barents Shelf and north
ern Siberia are designated as ice sheets, whereas the 
ice masses over the highlands of Svalbard, Ellesmere 
Island, Baffin Island and Iceland are referred to as ice 
caps (Figs. 1.12 and 1.13 (Plates 1 and 2)).

Ice sheets and ice caps can be subdivided into ice 
domes, which are high areas of relatively slowly 
moving ice, and ice streams and outlet glaciers, 
which are more rapidly flowing zones through which 
most of the ice is discharged towards the periphery.

1.4.1.1 ICE DOMES

An ice dome is a broad, approximately symmetrical 
upstanding area of an ice sheet or ice cap. The under
lying land surface may be either a topographic high 
(e.g. East Antarctica) or a vast topographic low (e.g. 
the centres of the former Laurentide and Scandinavian 
ice sheets). Ice thicknesses can often exceed 3000 m 
in ice sheet domes, but beneath ice cap domes thick
nesses are only several hundreds of metres.

Irregularities in the subglacial topography can 
manifest themselves in glacier surface profiles and 
the location of ice domes. Budd (1970) and Budd 
and Carter (1971) have demonstrated that local 
bedrock highs at the base of the Antarctic ice sheet 
produce locally steepened profiles on the ice sur

face. Although such surface irregularities may 
appear severe to the observer on the surface, espe
cially when associated with crevassing, they are 
insignificant when viewed as part of the total profile 
length.

1.4.1.2 OUTLET GLACIERS AND ICE STREAMS

The movement of ice within an ice sheet can be sub
divided into sheet flow, which occurs within the ice 
dome areas, and stream flow, which occurs in outlet 
glaciers and ice streams. Outlet glaciers and ice 
streams are rapidly moving, channelled ice radiating 
out from the interiors of ice sheets and ice caps (Fig. 
1.14). Outlet glaciers are bounded by ;ce-free ground 
at the ice sheet or ice cap margins, whereas ice 
streams are flanked by slowly moving ice (Bentley, 
1987). Some fast-moving parts of ice sheets exhibit 
characteristics of both ice streams and outlet glaci
ers, such as the Rutford ice stream in Antarctica, 
which is bounded by the Ellsworth Mountains on 
one side and a low-lying part of the ice sheet on the 
other. The world’s longest glacier, the 700-km Lam
bert Glacier, Antarctica, and the world’s fastest glac
ier, Jacobshavn Glacier, Greenland, are both ice 
streams along some parts of their length and outlet 
glaciers along others. Ice streams can be differenti
ated from the surrounding ice by the presence of 
heavily crevassed zones along their margins, where 
rapidly streaming ice shears past sluggish surround
ing ice (Fig. 1.15).

Outlet glaciers and ice streams commonly occupy 
depressions in the glacier bed, which can form deep 
troughs. The heads of ice streams, at least in some 
cases, coincide with a step in the subglacial topogra
phy separating thin, slowly moving ice from thicker, 
rapidly streaming ice (McIntyre, 1985). The gradients 
of outlet glaciers tend to be less steep than those of ice 
domes (Bentley, 1987). The flow characteristics and 
morphology of ice streams and outlet glaciers result 
from conditions at the glacier bed which influence the 
ice flow mechanisms. In particular, the presence of 
pressurized water at the bed is thought to be crucial in 
maintaining rapid sliding and/or flowage of soft, sub
glacial sediment. Alley et al. (1986, 1987a, b, c) have 
highlighted the importance of deforming till beneath 
Antarctic ice streams. The mechanisms of glacier flow 
are discussed in detail in Chapter 4.

Rapid flow through outlet glaciers and ice streams 
accounts for most of the discharge from ice sheets, 
and they are responsible for the majority of icebergs 
and ice-rafted debris reaching the world’s oceans. 
Their importance in draining ice sheets, taken 
together with their dynamic nature, means that ice 
streams and outlet glaciers exert a considerable influ
ence on the behaviour and stability of ice sheets, and 
much research has been undertaken recently on ice



Fig. 1.14 Oblique aerial 
photograph o f Scott Glacier, 
Queen Maud Mountains, 
looking upglacier. The glac
ier is about 12 km wide in 
the centre o f the picture. 
(US Navy. From Swithinbank, 
1988)

Fig. 1.15 Crevasses in the 
transition zone betv.ee- 
faster-moving ice strea— a - ;  
surrounding slugg:s- := :e 
Stream B, West А -~ з 'г : :a 
(US Navy. Fror’ S.1. - -  
1988)
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streair. c \ namic>. particularly in the potentially 
unstable West Antarctic ice sheet (e.g. Bentley, 1987; 
Bindschadler. 1993). Ice stream dynamics are also 
thought to have been critical in determining the sta
bility and breakup of the great mid-latitude ice sheets 
in the past (e.g. Hughes et a l ,  1985).

1.4.1.3 ICE DIVIDES, DISPERSAL CENTRES AND 
FLOW LINES

Once an ice sheet or ice cap has developed, either as 
a single dome or as a complex of coalescent domes 
(instantaneous glacierization), mass is evacuated 
from the central accumulation area or areas along 
flowlines (Fig. 1.16 (Plate 3)). The central accumu
lation area or areas of an ice sheet are referred to as 
dispersal centres with respect to glacier flow. In a 
dispersal centre, an ice divide simply marks the zone 
where the horizontal velocity is zero. Ice flow is 
directed in two opposing directions away from the 
ice divide, rendering the basal ice below the divide 
almost stagnant (Nye, 1951). This basal zone of lit
tle or no basal flow may be up to 100 km wide. 
Because ice sheets are rarely simple domes, they 
usually contain several divides from which ice flows 
at right-angles to the surface contours (Budd, 1969). 
This horizontal flow component is combined with a 
vertical flow produced by progressive accumulation, 
compaction, ice deformation and basal melting or 
freezing. Ice flow patterns are also influenced by the 
basal topography and irregular patterns of ice accu
mulation. This has been demonstrated by Haefeli 
(1963) for ice flow trajectories in the Jungfraujoch, 
Switzerland. Haefili used the concept of a flow  
divide to join the points where the horizontal veloc
ity component is zero (Fig. 1.17).

Ice divides will change position as an ice sheet 
develops and decays. Consequently, the pattern of ice

Fig. 1.17 Flow paths related to  an ice divide (dotted line) 
at Jungfraujoch, Switzerland. The ice divide separates flo w  
from  the le ft and right, whereas the f lo w  divide (dashed 
line) joins the points where the horizontal velocity compo
nent is zero. (A fter Haefeli, 1963)

flow will change considerably, and ice directional 
indicators such as drumlins and flutings will over
print or even destroy each other. The changing ice 
divides and flow patterns of the former Laurentide 
ice sheet during the last glaciation have been recon
structed in a series of maps by Dyke and Prest 
(1987). These mega-scale imprints of glaciation are 
discussed in detail in Section 12.4.4.

1.4.2 Glaciers constrained or 
controlled by topography
A  number of terms have been introduced to describe 
the forms of glaciers constrained or controlled by top
ography, and these are often not associated with any 
specific size range. In order to provide a comprehen
sive review, the terms previously provided in 0strem
(1974), Embleton and King (1975) and Sugden and 
John (1976) are discussed here. It must be remem
bered that there are often no clear distinctions 
between types of ice mass and that we are always 
dealing with both spatial and temporal continuums of 
forms.

1.4.2.1 ICEFIELDS

Icefields differ from ice caps in that they do not 
possess a domelike surface and their flow is influ
enced by the underlying topography (Fig. 1.18 
(Plate 4)). Icefields will develop in any area with 
generally gentle but locally fretted topography and 
at an altitude sufficient for ice accumulation. Good 
examples of such ice masses are the Columbia ice
fields in the Canadian Rocky Mountains (Denton, 
1975), the icefields of the St Elias Mountains in the 
Canadian Yukon Territory and Alaska (Field, 1975), 
the Tien Shan/Kunlun Shan icefields in China 
(Lehr and Horvath, 1975; Shih Ya-feng et a l, 
1980), and the Patagonian icefields (Warren and 
Sugden, 1993), all of which are drained by large 
valley glaciers.

1.4.2.2 V A LLEY GLACIERS

Wherever ice is discharged from an icefield or cirque 
into a deep bedrock valley it forms a valley glacier 
(Fig. 1.191. Such glaciers may possess a simple, sin
gle-branched planform. or form dendritic networks 
similar to those of fluvial systems. Like rivers, valley 
glaciers can be classified according to their position 
in the drainage basin hierarchy (Horton, 1945). The 
form of valley glacier networks is often strongly 
influenced by bedrock lithology and structure. 
Bedrock slopes beneath valley glaciers are often 
steep, and so the altitudinal ranges of the glaciers are 
often very large. Net accumulation increases with 
altitude, producing a high turnover rate.



G l a c e= S -гт * r

Fig. 1.19 Valley glacier: the upper Tasman Glacier, M ount 
Cook massif, South Island, New Zealand. (Photo: M. Kirk- 
bride)

The most distinctive characteristic of valley glaci
ers is the presence of ice-free slopes overlooking the 
glacier surface (Fig. 1.19). Such slopes are important 
sources of snow and ice accumulation in the form of 
avalanches, and of rock debris falling on to the glac
ier surface (Sections 2.2 and 6.3).

1.4.2.3 TRANSECTION GLACIERS

Where mountain landscapes are too dissected to sup
port an ice cap and tend to evacuate ice too effectively 
for it to produce a dome-like profile, they often pro
duce transection glaciers, or interconnected systems 
of valley glaciers. In such situations, glaciers flow 
down from several directions into a system of radiat
ing valleys, but the ice overspills the pre-existing 
drainage divides (Fig. 1.20). Transection complexes 
form web-like patterns, with ice cLiffluerices, where ice 
flow splits and sends branches down two or more 
channels, and confluences, where ice flow from two 
or more tributaries converges to form a single unit.

1.4.2.4 CIRQUE GLACIERS

The form of a cirque glacier is dictated by the arm
chair-shaped bedrock hollow, which acts as an accu
mulation basin, especially for wind-driven snow. The 
various sizes and forms of cirque glaciers constitute 
a continuum from glaciers that are entirely confined 
by their hosting bedrock hollows (Figs. 1.21 and 
1.22) to glaciers that form the heads of larger valley 
glaciers in more heavily glacierized terrain. Consid
erable research on cirque glaciers followed on from 
the highly influential work of Lewis (1960), and a 
whole chapter is devoted to cirques in Embleton and 
King (1975). Owing to the plan shape of cirque glac
iers, which shows a widening of the basin in the

upper reaches, the glacier flow can be subdm-iec 
into converging (accelerating) and diverging (decel
erating) components above and below the equilib
rium line respectively.

1.4.2.5 PIEDMONT GLACIERS

Wherever valley glaciers debouch on to lowland 
areas after travelling through bedrock troughs, they 
will form piedmont glaciers or lobes. Piedmont 
glaciers such as the Malaspina Glacier, Alaska, and 
Skeidararjokull, Iceland, are characterized by hav
ing large areas below the equilibrium line altitude. 
The Malaspina Glacier (Fig. 1.23 (Plate 5)) lies 
entirely in the ablation zone of the Lower Seward 
Glacier, is 600 m thick, occupies a vast depression 
up to 250 m below sea-level, contains numerous 
crumpled medial moraines derived from the feeder 
valley glaciers, and is fronted by a large area of 
stagnant ice upon which spruce trees over 100 years 
old are growing. Numerous smaller examples exist 
in the Canadian High Arctic, where subpolar glaci
ers debouch from plateau icefields on to the low
lands of U-shaped valleys (Fig. 1.24). Clearly, the 
discharge of mass from the accumulation zones of 
the feeder icefields is sufficient to maintain rela
tively large glacier surface areas below the equilib
rium line.

1.4.2.6 NICHE GLACIERS, GLACIERETS, ICE 
APRONS AND ICE FRINGES

The smallest ice masses, ice aprons, are thin snow 
and ice accumulations adhering to mountainsides. 
Similar accumulations occupying small depressions 
along coasts are referred to as ice fringes. Thin ice 
patches occupying depressions on less precipitous 
terrain are often referred to as glacierets and are 
produced by snow drifting and avalanching. Glaci
erets have been called fa ll glaciers where they exist 
below the ELA as a result of ice avalanching from ice 
falls at steep plateau edges (Gellatly et al., 1986a). 
Where the location of an ice body is controlled by a 
niche or rock bench in a mountain or valley side it is 
termed a niche glacier (Fig. 1.25; Groom, 1959). 
Niche glaciers and ice aprons differ from large snow - 
patches in that they undergo significant movement a> 
the result of internal deformation or basal sliding 
Glacier motion is initiated when the forces imp* 'e„  
by the weight and surface gradient of the ice er- 
come the internal resistance. Theoretical со:>:^гг_- 
tions suggest that this threshold will be reached 
a snowpatch extends between 30 m and " ~  :: 
the base of its backwall (Ballantvne ar.d Brr.r 
1994a).
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Fig. 1.20 Landsat image o f Kong Christian IX Land, east Greenland (Canada Centre fo r Remote Sensing), showing transec
tion  glaciers crossing the regional drainage divide (dashed line). (Image provided by Richard Williams, USGS)

1.4.3 Marine glaciers

Wherever glacier ice is forced to float by deeper 
water or where sea-ice thickens by surface accumu
lation and bottom accretion, ice shelves are pro
duced. Lemmen et al. (1988) proposed a 
classification scheme which reflects the possible dif
ferent origins of ice shelves, and that scheme is uti
lized here. Glacier ice shelves result from the 
flotation of glacier tongues; sea-ice ice shelves

evolve from frozen surface sea-water; and composite 
ice shelves have their origins in both glacier ice and 
sea-ice. Further discussion of the processes associ
ated with ice shelves is presented in Section 8.2.3.

1.4.3.1 GLACIER ICE SHELVES

Wherever a polar or subpolar glacier terminates in a 
deep water body, it will float and produce a glacier 
ice shelf or floating glacier tongue (Fig. 1.26). The



(a) (b)

Fig. 1.21 Cirque glaciers, (a) Glaciers in deeply incised cirques in the Lahul Himalaya, India (photo: D.J.A. Evans); (b) tro p i
cal glaciers in shallow cirques on Nevado Illimani, Cordillera Real, Bolivia (photo: D. Payne)

Fig. 1.22 Slettmarkbreen, 
a small cirque glacier in 
Norway. (Photo: D.l. Benn)

: :  1-2- r ^ ~ o n t  lobes fed by a plateau ice cap
- a -  D : :z  - z =. scjth -east Ellesmere Island, Arctic

Fig. 1.25 A niche glacier on the northern f la 1'-: с* H 
je llet, near Sandane, southern Norway. Note :~e . e ce 
Age moraine and the rock glacier at the t  = ;e : *  : - e  s coe 
(Photo: D.J.A. Evans)
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Fig. 1.26 Landsat image mosaic (1972-73) o f Thwaites Glacier and Thwaites Iceberg Tongue, Antarctica. Note th a t the ice 
berg tongue has become detached from  the floa ting  glacier snout and has been rotated at its fracture point. (Image pro 
vided by Richard Williams, USGS)
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largest and most numerous examples are found 
around the margins of the Antarctic ice sheet, such as 
the Amery ice shelf, which is fed by the Lambert 
Glacier. Smaller examples exist in the Canadian and 
Greenland High Arctic (e.g. the Milne ice shelf), 
where perennial sea-ice or re-entrants help to protect 
the smaller and less vigorous examples from breakup 
and calving (Lemmen et al., 1988; Jeffries, 1986, 
1987).

The ice shelves of Antarctica constitute approxi
mately 7 per cent of the surface area of the ice sheet, 
make up 44 per cent of the coastline and, through calv
ing, probably account for up to 80 per cent of the abla
tion total. The two largest ice shelves, the 
Ronne-Filchner and the Ross (Fig. 1.27), are fed by 
outlet glaciers from both the East and West Antarctic 
ice sheets (Swithinbank, 1964) but, because of their 
size, also accumulate snow on their surfaces and may 
increase in thickness at the base by bottom freezing in 
some areas (Section 8.2.3). The Ross, Ronne-Filch
ner and Amery ice shelves drain a combined area of 
approximately 62 per cent of the Antarctic continent, 
flowing at rates of 0.8-2.6 km per year. These high 
discharges balance the periodic large-scale calving of 
tabular icebergs around their perimeter, thus ensuring 
continued survival of the ice shelves (cf. Budd, 1966; 
Swithinbank, 1969, 1988; Fig. 1.28).

The seaward margins of the Antarctic ice shelves 
are marked by cliffs rising up to 30 m above sea-level, 
explaining the name of the Great Barrier given to the

outer edge of the Ross ice shelf by the early explor
ers approaching from the sea (Swithinbank and Zum- 
berge, 1965). The overall thickness at the seaward 
edges of the Antarctic ice shelves approaches 200 m, 
which is regarded as a minimum thickness in an 
unconstrained ice shelf capable of expanding in all 
directions, because below 200 m thickness the ice 
cannot effectively creep. As the ice shelves are con
strained throughout most of their length, thicknesses 
increase in a landward direction as well as in places 
where ice streams enter the floating ice mass from 
terrestrial-outlet glaciers. Excellent satellite images 
and aerial photographs together with a full discus
sion of Antarctic ice shelf characteristics are avail
able in Swithinbank (1988).

1.4.3.2 SEA-ICE ICE SHELVES

Sea-ice ice shelves (Fig. 1.29a) are produced by a 
combination of thickening by surface snow accumu
lation and bottom freezing of sea-water (Koenig et 
al., 1952; Hattersley-Smith, 1955; Crary, 1960; Hat- 
tersley-Smith and Serson, 1970; Lyons et al., 1971; 
see Section 8.2.3). Movement or deformation in a 
sea-ice ice shelf is induced entirely by its own weight 
and therefore is determined by the creep rate of the 
ice in question. Sea-ice ice shelves can exist only 
where annual temperatures are severe enough for the 
sea to freeze over and where embayments or a series 
of offshore islands provide enough anchor points for

Fig. 1.27 Oblique aer a 
photograph o f the ea s te " 
edge o f the Ross ;ce s-e • c - 
22 October 196' Large ^ac- 
tures are re eas " : .
and proc_:
20 m high. (Image provided 
by R icha" =~= _53S
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Fig. 1.28 Landsat image (11 
November 1973) o f the 
Filchner ice shelf, showing 
the fracture known as the 
Grand Chasms. The develop
ment o f such fractures leads 
to  the release o f huge tabu
lar icebergs. (Image pro
vided by Richard Williams, 
USGS)

sea-ice to thicken without being disrupted by waves 
and currents.

The sea-ice ice shelves of the Canadian and Green
land High Arctic are recognizable by their character
istic surface ‘rolls’ (Hattersley-Smith, 1957a, b), 
which are thought to be produced by wind scouring 
of the surface. The rolls are made up of a series of 
elongate ridges and troughs which contain water dur
ing warm summers. It is these striking ridges and 
troughs, with their long axes aligned parallel with the 
predominant wind patterns, that support the wind 
deflation origin. The floating ice islands, which have 
been tracked during their passage within the Arctic 
Ocean currents since the 1950s, possess these surface 
rolls and originate from the Arctic ice shelves (Hat- 
tersley-Smith, 1957a; Crary, 1958; D.D. Smith, 
1964; Jeffries, 1992; Fig. 1.29b).

1.4.3.3 COMPOSITE ICE SHELVES

'e re  floating glaciers and thickening sea-ice are 
' . :ed from currents and open leads they may com- 

produce a composite ice shelf. An excellent 
c u n p le  o f such an ice shelf is that at Cape Alfred 
Г д г .а  oo the coast of north-west Ellesmere Island in

the Canadian Arctic (Lemmen et al., 1988; Jeffries, 
1992; Fig. 1.29c). Ice islands on the Arctic Ocean 
have been traced back to the Cape Alfred Ernest ice 
shelf through surface rock samples which originated 
as supraglacial debris on the valley glacier surfaces 
(D.D. Smith, 1964; Jeffries, 1992). A number of sea- 
ice and composite ice shelves exist in Antarctica but 
are generally less well known than their glacially fed 
counterparts (e.g. the Larsen ice shelf, the Wilkins ice 
shelf and the ice shelf occupying Prince Gustav 
Channel; Reece, 1950; Swithinbank, 1988). It must be 
remembered that the large amount of bottom freezing 
of sea-water and surface accumulation of snow on the 
outer margins of Antarctic ice shelves often disguises 
their glacial origins.

1.4.3.4 ICE RISES

Wherever floating ice shelves thicken to the point 
where they can ground on offshore shoals, the mar
gins of islands or coastal shelves, they produce ice 
rises (Thomas, 1979b). Where the ice shelf does not 
possess a sufficient surface gradient to move over an 
obstacle, ice rises are produced by local thickening 
due to surface accumulation and not by overriding by
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(a) (b)

Fig. 1.29 Ice shelves and ice islands o f the Canadian Arctic, 
(a) The Ward Hunt ice shelf on the north coast o f Ellesmere 
Island, as it appeared in 1950. Large calving events have 
since reduced the size o f the ice shelf by half. Note the 
ridge and trough pattern (rolls) picked out by surface melt- 
w ater in the troughs. (Aerial photograph by Energy, Mines 
and Resources, Canada) (b) An ice island floa ting  on the 
Arctic Ocean and surrounded by sea-ice. This early spring 
view was taken before m eltw ater had collected in the 
troughs. The north coast o f Ellesmere Island is visible in the 
distance. (Photograph by Polar Continental Shelf Project, 
EMR, Canada) (c) The Cape A lfred Ernest ice shelf on the 
W ootton Peninsula, northwest coast o f Ellesmere Island, as 
it appeared in 1950. Large calving events have since 
reduced the size o f the  ice shelf considerably. Note the var
ious sea-ice (largely bottom  left) and glacier ice compo
nents o f this composite ice shelf. (Aerial photograph by 
Energy, Mines and Resources, Canada)

(c)

the ice shelf. In such situations an ice rise will pos
sess its own radial flow pattern similar to that of an 
ice dome, and this will be independent of the general 
flow direction of the ice shelf that surrounds it. 
Numerous examples exist within the Antarctic ice 
shelves, including Roosevelt Island in the Ross ice 
shelf and Gipps Ice Rise in the Larsen ice shelf (Fig. 

.301. An example of an ice rise in a sea-ice ice shelf 
'  .he Cape Discovery Ice Rise, which exists at the 
- i  _rd edge of the Ward Hunt ice shelf, Ellesmere 

h  Canada (Lyons et al., 1972). Wherever glac-
- - -".eh es possess sufficient momentum to over- 

ffshore shoal they become heavily
-  - - rrompting the term ice rumples (Arm- 
r 1977: Fig. 1.31).

Fig. 1.30 The Gipps Ice Rise in the Larsen ice shelf, Antarc
tica, 1 January 1972. A t tha t tim e the ice rise measured 9 ■ 
18 km and was 300 m high. (Photo: Charles Swith nban*
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Fig. 1.31 Ice rises and ice 
rumples in the W ordie ice 
shelf, Graham Land, Antarc
tica (foreground). (Photo
graph taken on 28 
November 1966 by US Navy 
and provided by Richard 
Williams, USGS)

1.5 GLACIERS AND SEA-LEVELS

1.5.1 Principles of sea-level change
The growth and decay of glaciers and ice sheets has 
a profound effect on global sea-level, causing very 
large regional and global sea-level changes over the 
course of glacial cycles. Sea-level rise (transgres
sion) and fall (regression) can be caused by glaciers 
and ice sheets in four main ways (Figs 1.32 and
1.33):

1. Glacioeustasy. During glacier build-up, moisture 
is removed from the atmosphere in the form of 
snow and locked up as glacier ice. The atmos
pheric moisture is replaced by evaporation from 
the oceans, reducing global sea-level. Glacio
eustasy refers to the removal of water from the 
oceans by glacier expansion, and its return by 
glacier melting. Because of the large volume of 
continental ice sheets during glaciations, a vast 
amount of water is taken out of the Earth's 
hydrological cycle, and global sea-levels drop by 
a substantial amount at such times.

2. Glacioisostasy. In regions occupied by ice sheets, 
the load placed by the ice on the Earth's crust 
causes it to sink down into the underlying man-

' e -.-rre"ing  the land surface relative to sea- 
!e.e! Ge physicists have been able to learn

- the characteristics of the lithosphere
- — > responses to ice-sheet loading and 

i e.g. Wu and Peltier, 1983; Peltier, 
Limbeck. 1990, 1993a), although infer- 

er.-e ' about mantle viscosity vary accord- 
_ r.'.erpretations and availability of the

_____ _ r.d. ^ea-level data being used to constrain
iee '".eei reconstructions (cf. Morner, 1980a; 
Peltier and Andrews, 1983).

3. H .. The force balance on the Earth’s 
».rus: - influenced by the weight of water in 
:he <ean>. Changes in the amount of water in the

during glacial cycles affect patterns of 
cru>'_i!. in the oceans, causing regional and
global sea-level changes.

4. GeoiJui eus tasy. The surface of the world’s
■_ _ > r. : a smooth sphere or ellipsoid, but is 

an r__ г tential surface with bulges and troughs 
pr Juced b> local v ariations in the Earth’s gravi- 
t_:: r._: neld Fig. 1.34). Bulges and troughs in 
the -let. J change position and shape as the 
Earth's gravitational field adjusts to changing 
:ce "heet configurations (Morner, 1976, 1977, 
19S“ i. In addition, local isostatic adjustment may 
occur in response to crustal loading by large
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Fig. 1.32 Schematic illustrations o f glacioeustasy, hydroisostasy and geoidal eustasy. (M odified from  Dawson, 1992)

Fig. 1.33 The principle o f glacioisostasy, 
showing the depression o f the crust below an 
ice sheet. The baseline locates the position of 
the schematic shoreline diagram in Fig. 1,36b

accumulations of sediment. For example, deposi
tion of large deltas by the Mississippi and 
Ganges has caused local depression of the conti
nental shelf.

:ner mechanism of sea-level change is the
* decrease in density of water due to tem- 

. ■ . ■. r - - known as steric sea-level change). 
- - - - - -  _ ■ dense and expands as it is heated

. -  - >cean warming will cause sea-
- - -  _ 7h> mechanism has received very little

. - - - . ____vr : Quaternary sea-level changes,
~e сл important contributor to sea-

level rise in the twentieth century (Warrick et al., 
1996).

Therefore, the sea-level history of a particular site 
during a glacial cycle results from a complex interplay 
between eustatic and isostatic controls. A consider
able literature now deals specifically with sea-levels 
and glaciation, and good overviews have been pro
vided by Guilcher (1969), Andrews (1974). Morner 
(1980b), D.E. Smith and Dawson (1983). Peltier 
(1987) andTooley and Shennan (1987). In th> section 
we outline the major principles behind sea-!e\eh and 
glaciation, and provide some example- : sea-level 
histories controlled by glacial-intergla. c\cle>.
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Fig. 1.34 Global geoid map 
in metres above and below 
the best-fit ellipsoidal sur
face. Negative areas shown 
shaded. (From Dawson, 
1992. Reproduced by permis
sion o f Routledge)

1.5.1.1 GLACIOEUSTASY

Although regional complications are introduced by 
glacioisostasy, hydroisostasy and changes in the 
geoid (Morner, 1976; Clark, 1980), the main control 
on global ocean levels on Quaternary timescales is 
the release and take-up of moisture by evolving ice 
sheets over glacial cycles. Thus, changes in the 
global ocean level through Quaternary time allow 
changes in the volume of ice sheets to be estimated 
(Donn et a l ,  1962; Fairbanks, 1989; Bard et al., 
1990). Records of glacioeustatic sea-level change 
have been produced for a number of regions located 
at distances far enough away from former ice sheets 
to be unaffected by glacioisostasy (e.g. Shepard, 
1960, 1963; Fairbridge, 1961; Bloom, 1967, 1970; 
Hopley, 1978; Cronin, 1983). It is now widely recog
nized, however, that global sea-level histories should 
be based on data from many regions, to eliminate 
anomalies introduced by geoidal variations, 
hydroisostasy, and tectonic uplift and depression 
(Walcott, 1972; Chappell, 1974a; Clark, 1976, 1980; 
Farrell and Clark, 1976; Clark et a l ,  1978; Morner, 
1980c, 1987).

To overcome the limitations of local sea-level 
records, some researchers have turned to the oxygen 
isotope record from deep ocean sediments. Fluctua
tions in the concentration of the heavy isotope of 
oxygen ( O) in foraminifera contained within deep 
ocean sediments have been linked to the changes in 
the storage of light oxygen isotopes in glaciers and 
ice sheets (Bradley, 1985; Section 2.4.2). Thus the 
oxygen isotope record provides a proxy for ice sheet 
volume and glacioeustatic sea-level change (Shack- 
leton and Opdyke, 1973; Emiliani, 1978; Shackleton, 
1987). However, although the curves of oxygen iso
tope variation through time give an impression of ice 
'heet and ocean volume changes, absolute water 
iepth changes are difficult to calculate. Examples of 
;..i::oeustatic sea-level histories, which inevitably

include geoidal eustatic components, are presented in 
Section 1.5.2.2.

1.5.1.2 GLACIOISOSTASY

The principles of glacioisostasy were first proposed 
by Jamieson (1865, 1882) and Shaler (1874), and 
other perceptive early papers on the subject were pre
sented by De Geer (1892), Goldthwait (1908) and 
Nansen (1921). Considerable advances in under
standing were made during the 1960s and 1970s, 
when numerous research programmes were under
taken on the sea-level histories of formerly glaciated 
regions (e.g. Andrews, 1970; Sissons, 1983; Smith 
and Dawson, 1983). Since that time both geomor- 
phologists and geophysicists have been working on 
glacioisostasy for different but closely linked rea
sons. The geophysicists wish to constrain their mod
els of lithospheric deformation using empirical 
evidence of recent crustal movements, and the geo- 
morphologists want to reconstruct dispersal centres 
of former ice sheets. An extensive literature now 
exists on the technical aspects of isostatic research; a 
selection of important recent papers may be found in 
volumes edited by Morner (1980b). D.E. Smith and 
Dawson (1983) and Sabadini et a l  (1991).

The basic idea of isostasy is that the Earth’s crust 
(with a mean density of c. 2800 kg m ) is floating 
on the underlying plastic mantle (with a mean den
sity of c. 3300 kg m~ ), somewhat like a boat on 
water. The addition of mass to part of the crust 
should cause it to sink into the mantle, just as a boat 
does when cargo is loaded. This principle is reflected 
in the origin of the word ‘isostasy’, which is derived 
from the Greek isostasios, meaning ‘in equipoise’. 
The amount of crustal depression resulting from ice 
sheet loading is a function of ice sheet thickness and 
the ratio between the densities of ice and rock. Since 
the density of ice is approximately one-third that of 
the crust, the depression created beneath an ice sheet
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is approximately 0.3 times the ice thickness. The 
amount of depression decreases from the centre of 
the ice sheet towards the ice sheet margins, where ice 
is thinner. This simple picture, however, is compli
cated because the lithosphere has rigidity, and the 
load of an ice sheet is partly borne beyond the mar
gin. Thus, a peripheral depression continues beyond 
the ice sheet margin up to a distance of between 150 
and 180 km (Fig. 1.33). This means that the sea can 
flood coastal sites in unglaciated areas, owing to 
crustal loading by an adjacent ice sheet. The result
ing higher relative sea-level beyond the ice sheet 
margins was referred to as the fu ll glacial sea by 
England (1983), because it is a new sea-level relating 
to full-glacial conditions. The magnitude of sea-level 
change in peripheral depressions depends partly on 
global glacioeustatic sea-levels.

The lateral displacement of mantle material from 
below the centre of ice sheet loading results in the 
formation of a forebulge or area of positive vertical 
displacement beyond the peripheral depression (Fig.
1.33). The distance between the ice sheet edge to the 
forebulge depends on the flexural parameter of the 
crust, which represents the amplitude of bending of 
the lithosphere and is calculated from lithospheric 
density, thickness, elasticity and other factors (Wal
cott, 1970). The vertical displacement in the region 
of the forebulge is not large (approximately one-hun
dredth the ice sheet thickness), but it does impact on 
the sea-level history of locations beyond the ice sheet 
margin. The forebulge beyond the Laurentide ice 
sheet is thought to have been approximately 18m  
high. Because the flexural parameter is not affected 
by ice sheet thickness, the centre of the forebulge is 
located between 250 and 280 km from the ice margin 
regardless of ice sheet size. During deglaciation and 
unloading, the lithosphere rebounds beneath the ice 
sheet, and the forebulge collapses and migrates 
slowly towards the former ice centre (Brotchie and 
Sylvester, 1969; Walcott, 1970; Clark et a l ,  1978; 
Quinlan and Beaumont, 1981). The impacts of 
rebound and forebulge migration on sea-level change 
curing deglaciation are reviewed in Section 1.5.2.

Very little is known about crustal depression dur
ing ice sheet buildup, but in many glaciated regions, 
raised beaches and glacial deposits provide a detailed 
record of crustal unloading and rebound. The lithos
phere responds to loading in a matter of several thou
sand years, although it takes in excess of 10,000 
_ ears to attain a new equilibrium following ice load
ing or removal. Uplift or glacioisostatic recovery in 
:e>ponse to deglaciation has been subdivided into 
:nree periods by Andrews (1970; Fig. 1.35). (a) 
Rz -:r.;:red rebound takes place beneath a thinning 
ее ' ~.ee:. Because of occupancy by ice, this period is 

r. : rec rcec b\ >ea-level histories but must be 
inferred using geophysical models (e.g. Andrews and

Time since deglaciation--------- ►

Fig. 1.35 The three sequential periods o f glacioisostatic 
recovery. Initia l restrained rebound (Ur) is fo llow ed by an 
accelerated period o f postglacial rebound (Up). Future 
residual rebound (Urr) is expected to  decrease through 
tim e. Initia l deglaciation and crustal unloading occurs at t0 
but marine limits are not recorded in glaciated basins until 
f,. (M odified from  Andrews, 1970)

Peltier, 1976; Peltier and Andrews, 1983). (b) Post
glacial uplift is the phase of rebound recorded in an 
area once ice withdraws. Transgressions and regres
sions of the sea are recorded by geomorphological 
and sedimentological evidence, so that sea-level his
tories can be reconstructed, (c) Residual uplift is the 
rebound still to take place. Because of the long 
response time of lithospheric recovery, some regions 
are still rising today in response to the disappearance 
of the great Pleistocene ice sheets. For example, cen
tral Scandinavia and the Hudson Bay region of 
Canada are still rising by as much as 1 cm per year 
(e.g. Eronen, 1983). More than 150 m of recovery 
has still to take place in Hudson Bay, implying that 
complete recovery may not take place between one 
glaciation and another.

1.5.1.3 HYDROISOSTASY

Just as the buildup of glacier ice causes depression of 
the underlying lithosphere, so the changing water 
loads in the world’s oceans during glacial cycles also 
bring about a crustal response (Bloom, 1967; Wal
cott, 1972; Chappell, 1974b; Cathles, 1975). This 
concept of hydroisostasy suggests that oceanic 
crustal uplift may occur during glaciations when 
large volumes of water are locked up in continental 
ice sheets, and that the return of this water during 
deglaciation will result in the redepression of the 
oceanic crust. Very few data are available n the 
amount and rate of hydroisostatic responses to 
glacial cycles, and the concept of sea fio r rebound 
due to water unloading has been challenged by



30 G la c ier s

Morner (1987). Some studies have inferred post
glacial hydroisostatic depression of the crust (e.g. 
Hopley, 1983, for Queensland, Australia), although 
estimates of the amount of ocean floor depression 
vary considerably, which is not surprising given the 
vast differences in the characteristics of the widely 
scattered study sites. Given the paucity of data, it is 
of no surprise that estimates of hydroisostatic 
impacts on global sea-level histories are mostly 
available only in geophysical models (e.g. Clark et 
a l,  1978; Clark, 1980).

1.5.2 Sea-level records

1.5.2.1 RECONSTRUCTING SEA-LEVEL CHANGE

A wide range of landforms and sediments can be 
used to reconstruct sea-level histories. Geomorpho- 
logical features such as deltas, beaches, shingle 
ridges and erosional platforms mark former shore
lines, and may be either submerged or raised rela
tive to present sea-level. The altitude of such 
features does not coincide exactly with the contem
porary sea-level, however. Shingle ridges, for exam
ple, may form several metres above sea-level, piled 
up by extreme storm events, and tend to be consis
tently higher than estuarine mudflats of the same 
age. More accurate sea-level data can be obtained 
from the distribution of marine sediments, which 
can be identified using microfossils such as diatoms. 
Estuarine areas and closed basins reached by the sea 
only at times of high sea-level are particularly suit
able areas for stratigraphical studies of sea-level 
change (e.g. D.E. Smith et al., 1985; Shennan, 1989; 
Shennan et al., 1993). On many coasts, however, 
fossiliferous marine sediments are absent, and sea- 
level reconstructions must rely on geomorphological 
evidence. Submerged forests and peats also provide 
evidence for sea-level rise (e.g. Hey worth, 1986). 
The most important sea-level indicators at low lati
tudes are coral reefs (Hopley, 1983), which have 
been submerged by as much as 120 m in Barbados 
since the last glaciation (Fairbanks, 1989). Whatever 
evidence is used, the establishment of sea-level 
chronologies depends on the presence of datable 
materials. Some of the problems associated with the 
dating of ancient shorelines were discussed by 
Sutherland (1986).

In formerly glaciated regions, shorelines of a par
ticular age are typically tilted because they have been 
uplifted by differing amounts depending on proxim
ity to the centre of ice loading. The tilt of such shore
lines can be represented on an isobase map, which 
-hows spatial variations in the altitude of contempo
raneous shorelines. An isobase, therefore, is a con
c u r  joining points of equal uplift over an equal

amount of time, and represents the differential emer
gence of a shoreline towards the area of former 
maximum ice load. This concept can be illustrated 
using the example of an ice sheet covering an island 
(Fig. 1.36; D.J.A. Evans, 1991b). During deglacia
tion, the sea can flood isostatically depressed parts of 
the island, forming coastal sediments and landforms. 
As the land rebounds, these features are raised and 
tilted, with the area of maximum uplift being located 
where the ice sheet was thickest. The isobases shown 
in Fig. 1.36a are those for the 10 kyr b p  sea-level: 
they have been interpolated for the central part of 
the island, which was occupied by ice at that time. 
Note that the isobases smooth out the irregular cov
erage of the ice sheet, reflecting the rigidity of the 
crust.

As deglaciation and uplift proceed, new shorelines 
are formed at progressively lower altitudes, then 
abandoned as relative sea-level continues to fall. 
Younger shorelines are tilted less steeply than older 
shorelines, owing to decreasing amounts of differen
tial uplift through time. This is clearly illustrated on 
equidistant shoreline diagrams, which plot the eleva
tions of dated shorelines against distance on a base
line aligned at right angles to the isobases (Fig. 
1.36b; Andrews, 1970). Notice how progressive 
retreat of the ice margin allows later, lower sea-levels 
to penetrate further inland. This means that although 
the altitude of a raised shoreline of a particular age 
increases towards the ice sheet centre, it does not 
penetrate as far towards the loading centre as a 
younger and lower shoreline because of late 
deglaciation. The maximum elevation attained by the 
sea on any particular stretch of coast is known as the 
marine limit (Andrews, 1970). Two types of marine 
limit can be defined: the regional marine limit, which 
refers to the highest level reached by the sea over a 
large region; and the local marine limit, which is the 
maximum sea-level attained in local areas. The local 
marine limit may be well below the regional marine 
limit in localities where ice cover persists during 
regional isostatic uplift and relative sea-level fall. As 
a result, the altitude and age of the marine limit 
decrease as one moves from the peripheral depres
sion into the deglaciated terrain, because a large 
amount of restrained rebound will have taken place 
inside the ice margin before the sea can invade the 
coast and produce a shoreline.

Sea-level histories for particular localities can be 
represented by relative sea-level curves, which are 
graphs showing sea-level relative to today plotted 
against age. A hypothetical example for a glaciated 
coast is shown in Fig. 1.36c, which illustrates local 
sea-level history for a delta formed at the ice sheet 
limit (site D). Eight radiocarbon dates, on shells in 
the delta sediments and on driftwood from beaches 
developed on the delta front as sea-level fell, are used



Fig. 1.36a The glacioisostatic signature o f a 
hypothetical island ice sheet, (a) Ice sheet maxi
mum at 10 kyr bp . (b) A fte r complete deglaciation 
and glacioisostatic rebound. The isobases o f 
crustal recovery, which can be reconstructed 
using raised marine features, show greatest 
amounts o f up lift near the centre o f the island. 
The site marked D is the form er ice-contact delta 
shown in Fig. 1,36c. The baseline fo r the equidis
tan t shoreline diagram in Fig. 1.36b is also 
marked

Fig. 1.36b A hypothetical equidistant shoreline diagram recon
structed along the baseline in Figs 1.33 and 1.36a. This is drawn 
orthogonal to  isobases w ith  the elevations o f dated shorelines 
plotted against distance. This shows the extent and rate o f crustal 
rebound but may be produced only if shorelines are well dated at 
progressively lower elevations. This diagram has been recon
structed between 160 and 340 km from  the centre o f the hypo
thetical island ice sheet, which is a typical distance over which 
shorelines o f d iffe ren t ages can be traced w ith in  a study area. D 
= ice-contact delta in Figure 1.36c

Fig. 1.36c Schematic cross-section through 
an ice-contact delta located at site D on Fig. 
1.36a and the relative sea-level curve tha t can 
be reconstructed based upon radiocarbon- 
dated samples from  the site. Shell samples 
1-3 were collected from  the foreset and bot- 
tomset beds o f the delta, and relate to  the 
sea-level recorded by the delta su^ace 
(marine lim it = 61 m). The samples 4-8 date 
sea-level at the tim e driftw ood .'. as sva~ded

Shells $
1 10,700 BP
2 14,500 BP
3 13,700 BP

Driftwood
4 10,120 BP
5 9,800 BP
6 13,700 BP

7 5,100 BP
8 3,050 BP

Section A = Deglacial or
unloading phase.

Section В = Full glacial sea or 
equilibrium phase.

Section С = Ice build-up or loading 
phase.

10 15 -
Age (x1,000) years
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to date sea-level regression resulting from crustal 
rebound. The complete response of sea-level at the 
locality can be subdivided into three segments on the 
sea-level curve, (a) The ice build-up or loading phase 
occurs during ice sheet growth. Crustal depression 
causes relative sea-level rise, (b) The equilibrium  
phase is recorded by radiocarbon dates on samples 
1-4, which show a period of stable high sea-level 
when the ice sheet was at its maximum thickness and 
sea-level was in equilibrium with the ice load. The 
range of these dates will record the length of time for 
which the ice sheet was at its full-glacial size, and the 
sea was occupying the full glacial marine limit, (c) 
The deglacial or unloading phase is marked by pro
gressive relative sea-level fall, as recorded by radio
carbon dates from successively lower raised beaches 
on the delta front. This records crustal rebound con
sequent on ice sheet thinning and deglaciation.

The history of sea-level change at a given site is 
influenced by global eustatic and local isostatic fac
tors, plus hydroisostatic, geoidal and tectonic influ
ences. The relative importance of eustasy and 
isostasy depends upon the location of the site, partic
ularly its proximity to ice sheet loading centres. Far 
from ice sheet margins, sea-level change will mainly 
reflect eustatic changes, whereas within ice sheet 
limits the isostatic signal will be dominant. Clark et 
al. (1978) and Clark (1980) subdivided the Earth’s 
surface into six sea-level zones, based on characteris
tic postglacial relative sea-level curves (Fig. 1.37).

Fig. 1.37 D istribution o f sea-level zones and typical rela- 
t  .e sea-level curves. (M odified from  Clark e ta /., 1978)

Zone 1 occurs within the limits of the great Pleis
tocene ice sheets, and has a sea-level history of con
tinuous emergence (marine regression) due to 
glacioisostatic unloading and uplift. Zone 1-2  is a 
transitional zone located close to the ice sheet limits, 
and is characterized by initial emergence due to 
glacioisostatic unloading followed by submergence 
due to the collapse of the forebulge. Zone 2 is located 
further from the limits of the great ice sheets, where 
sea-level history is influenced by eustatic submer
gence modified by forebulge collapse. Zone 3 is still 
further from the ice-sheet limits, and is characterized 
by initial eustatic submergence followed by transi
tory emergence several thousand years after 
deglaciation. The emergence event is a delayed 
response to distant crustal unloading, and reflects the 
shape of the migrating forebulge. Zone 4 is in the 
tropics and subtropics, and is characterized by con
tinuous eustatic emergence. Sea-level changes are 
commonly of smaller magnitude than in Zone 2, 
owing to the absence of forebulge effects. Zone 5 
covers the southern oceans, where sea-level is ini
tially controlled by eustatic submergence. Once 
meltwater stops flowing into the oceans (c. 5 kyr bp), 
slight emergence takes over owing to hydroisostatic 
effects. Zone 6 includes all continental margins 
except those lying in Zone 2 and is characterized by 
slight emergence after meltwater ceases to flow into 
the oceans. This is due to the displacement of mass 
away from the water-loaded ocean basins to the con
tinents. The sea-level curves in all zones may be 
altered by local tectonic uplift or subsidence.

A very large number of sea-level curves have been 
compiled over the past few decades, and good recent 
reviews of the extensive literature have been pro
vided by van der Plassche (1986) and Pirazzoli 
(1991). In the following sections, we briefly review 
characteristic sea-level curves for areas where eusta
tic factors are predominant (Zones 3-6) and areas 
strongly influenced by isostatic adjustments (Zones 
1, 1-2 and 2).

1.5.2.2 GLACIOEUSTATICALLY DOMINATED 
SEA-LEVEL HISTORIES

The World Atlas o f  Holocene Sea-Level Changes 
(Pirazzoli, 1991) contains numerous examples of 
glacioeustatically controlled sea-level histories from 
all over the world. We have chosen a few of those 
examples to illustrate the global influence of glacial 
cycles on ocean levels. Long sea-level curves span
ning the whole of the last glacial cycle have been 
constructed from emerged coral reefs around the 
Huon Peninsula, New Guinea (Bloom et al., 1974; 
Chappell, 1974b). and oxygen isotope concentrations 
in the foraminifera of deep ocean cores (Shackleton, 
1987). The two curves are strikingly similar, and
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Fig. 1.38 Reconstructed eustatic sea-level histories based on coral terraces in New Guinea and oxygen isotopes from  marine 
microfossils. (From Dawson, 1992. Reproduced by permission o f Routledge)

Fig. 1.39 The Barbados sea-level curve fo r the last 18 kyr. 
(M odified from  Fairbanks, 1989)

show that the global sea-level varies by с. 120 m over 
the course of a glacial cycle (Fig. 1.38).

Figure 1.39 shows the sea-level curve for Barba
dos since the onset of the last deglaciation 18,000 
years ago (Fairbanks, 1989). The curve is typical of 
regions located at great distances from ice sheet mar

gins (Zones 3 and 4, Fig. 1.37), and documents sub
mergence of 120 m since deglaciation began. Sea- 
level rise was fastest between с. 12 kyr b p  and c. 7 kyr 
b p , when the mid-latitude ice sheets were rapidly 
receding and large amounts of water were being 
returned to the oceans. Since c. 5 kyr b p , sea-level 
rise has been slight.

1.5.2.3 GLACIOISOSTATICALLY DOMINATED 
SEA-LEVEL HISTORIES

Within areas occupied by the great Pleistocene ice 
sheets (Zones 1 and 1-2), sea-level change since 
deglaciation has been dominated by regression 
caused by isostatic uplift. Patterns of uplift can be 
determined from isobase maps, showing the altitudes 
of contemporaneous shoreline features. Isobase alti
tudes do not, however, show absolute values of uplift 
since shoreline formation, but the total amount of 
uplift minus the glacioeustatic component of sea- 
level change. Thus, if a shoreline at an altitude of 
2 0  m is dated to 1 0 ,0 0 0  yrs b p  (when global eustatic 
sea-level was c. 60 m lower than at present . it 
implies a total uplift of c. 80 m since shoreline r- 
mation. This approach is, of course, simr - 
because it ignores hydroisostatic and geoidal .  гг г - 
nents of sea-level change, but it does show :w_: 
amount of uplift recorded by raised shore ir.es 
very large. In addition, isobase maps саг 'Г « 
the amount of rebound since deglac:^:. г : ■— - 
pation of an area by the sea. The am» 
rebound which occurred before det. _ 
be measured directly, and must be re-c
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using geophysical models (e.g. Andrews and Peltier, 
1976: Peltier, 1987). For example, sea-level curves in 
Sweden record up to 250 m of rebound since 9 kyr b p  

(e.g. Bergsten, 1954; Morner, 1979; Gronlie, 1981), 
although the total amount of uplift was probably in 
excess of 700 m (Morner, 1980a; Fig. 1.40B).

Isobase maps of formerly glaciated regions pro
vide valuable information on the loading pattern of 
the crust, and therefore the positions of ice sheet dis
persal centres during glaciations. Some generalized 
isobase maps for eastern Canada, Scandinavia and 
Scotland are shown in Fig. 1.40. The pattern of 
uplift in Canada indicates at least three loading cen
tres, reflecting the presence of multiple domes in the

Fig. 1.40 Generalized regional isobase maps. (A) Isobase 
map showing shoreline emergence in eastern Canada since 
c. 6000 yr bp . Note the evidence fo r m ultip le loading centres. 
(B) Patterns o f absolute up lift in Scandinavia during the 
Holocene. (C) Generalized isobases fo r the Main Postglacial 
Shoreline (dated to  c. 7000-6000 yr bp) in Scotland. All con
tours in metres. (From Lowe and Walker, 1984, after 
-ndrews, 1970, and Morner, 1980b. Reproduced by permis- 
: эп o f Longman)

Laurentide ice sheet. In contrast, rebound patterns in 
Scandinavia and Scotland are much less complex, 
probably because of the smaller size of the former 
ice sheets in these regions (Morner, 1980b; Eronen, 
1983). The domed pattern of uplift in Scandinavia is 
also clearly visible on the equidistant shoreline dia
gram in Fig. 1.41, which was constructed using 
marine and lake shoreline fragments (Donner,
1980).

In detail, however, isobase maps are often consid
erably more complex, and show that uplift patterns 
rarely form simple domes. Isobases may exhibit 
abrupt discontinuities, suggesting that rates of uplift 
were different on either side of fault zones. An exam
ple from Arctic Canada is shown in Fig. 1.42, where 
isobase patterns point to the presence of a fault in the 
channel between Prince of Wales Island and Somer
set Island (Peel Sound), and a block of untilted ter
rain in northern Prince of Wales Island (Dyke et a l ,  
1991, 1992; Dyke, 1993a). Further evidence for dif
ferential uplift and faulting during isostatic recovery 
has been discovered in the Forth Valley and the Glen 
Roy area, Scotland (Sissons, 1972, 1983; Sissons and 
Cornish, 1982a, b). The degree of displacement 
across the faults is generally only a metre or so, indi
cating that faulting and shoreline displacement may 
go unnoticed unless very accurate surveys are under
taken. Indeed, faulting may be the norm where large 
blocks of the Earth’s crust undergo rapid uplift.

Relative sea-level curves for particular sites within 
the limits of the Pleistocene ice sheets vary according 
to the position of the site relative to ice sheet loading 
centres (Fig. 1.43). Curves from Hudson Bay and 
north-east Sweden document continuous uplift since 
deglaciation, reflecting the location of these areas 
well within the limits of the Laurentide and Scandi
navian ice sheets, respectively. Continuous uplift is 
also recorded by relative sea-level curves from 
Devon and Ellesmere islands in Arctic Canada, but 
with smaller magnitude and uplift rates, reflecting 
limited ice cover in these areas. In Newfoundland, 
sea-level curves vary from continuous emergence in 
the north of the island to a combination of emergence 
and submergence in the south and east (Grant, 1980; 
Quinlan and Beaumont, 1981, 1982). The influence 
of forebulge migration on these curves has been 
modelled by Quinlan and Beaumont (1981).

The varying influence of glacioeustatic and 
glacioisostatic factors is also evident in sea-level 
curves from the British Isles (Fig. 1.44 and Fig. 1.45 
(Plate 6); Lambeck. 1991, 1993b, c). In the south of 
the country, sea-level change has been dominated by 
glacioeustatic submergence resulting from the melt
ing of the large ice sheets. Although isostatic 
rebound did occur in this area, it was exceeded by 
eustatic sea-level rise, resulting in net sea-level rise. 
In Scotland, where the ice sheet was thickest, the
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Fig. 1.41 A shoreline diagram across Fennoscandia, showing the extent o f surveyed and dated shorelines. These shorelines 
are continued as broken lines to  show the domed u p lift produced by the wastage o f the Scandinavian ice sheet. Some dated 
ice margins are included in addition to  the positions o f the Baltic Ice Lake and Ancylus Lake (vertical lines). (From Dawson, 
1992, a fte r Donner, 1980. Reproduced by permission o f Routledge)

Fig. 1.42 Isobases fo r the 
9.3 kyr bp shoreline in the 
central Canadian Arctic, 
showing the hypothetical 
fau lt zone between Prince 
o f Wales Island and Somer
set Island, and the Prince 
o f Wales Island 'isobase 
plateau', which is an area 
th a t has undergone glacio
isostatic recovery w ith ou t 
significant tilt in g . (From 
Dyke e t а I., 1991. Repro
duced by permissior o f 
the Geological Sur\e. of 

Hypothetical fault z o n e ....... $$$$$$$$$$$$$$$ Canada)

early parts of the sea-level curves record emergence 
because local isostatic uplift exceeded global eustatic 
sea-level rise at that time. By c. 8000 yr b p , however, 
isostatic uplift rates had fallen to low values, but 
global eustatic sea-level was rising rapidly (Fig.

1.39). As a result, a period of relative > e ^ - . 
occurred around the coasts of Scotland. _■ . 
known as the Main Postglacial T rar.'_r_" 
sons, 1983). By c. 5000 yr b p . the 
vanished and the glacioeustatic с -
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Fig. 1.43 Compilations o f sea-level curves from  regions affected by glacioisostatic and glacioeustatic sea-level histories dur
ing postglacial tim e: (A) Examples o f continuous emergence from  Hudson Bay (Zone 1). (B) Family o f curves documenting con
tinuous emergence to  continuous submergence from  Newfoundland (Zone 1-2 transition). (C) Continuous emergence o f 
-orth-east Sweden (Zone 1). (D) Partial and complete curves from  around Ellesmere and Devon Islands, Arctic Canada. (From 
- 'azzoli, 1991. Reproduced by permission o f Elsevier)

HUDSON BAY NEWFOUNDLAND ISLAND

SWEDEN (Northeast)
ELLESMERE & DEVON ISLANDS
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Fig. 1.44a Postglacial sea-level curves from  around the coast o f Britain, demonstrating the influence o f glacioisostasy in the 
north (emergence) and glacioeustasy in the south (submergence). A lthough southern sites did undergo glacioisostatic 
rebound at the close o f the last glaciation, it was not recorded above present sea-level because the sea did not rise fast 
enough to  produce raised shorelines. (From Lambeck, 1995. Reprinted by permission o f the Geological Society o f London)
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level change was very small. Isostatic uplift (which 
had continued throughout the Main Postglacial 
Transgre^ion i was then able to take over once more 
as the main control on sea-level change. Thus, over 
the past few thousand years, sea-level has fallen 
around the coasts of Scotland, a trend that continues

today. Detailed accounts of late-glacial and post
glacial sea-level change in Britain have been 
provided by Donner (1970), Sissons and Brook- 
(1971), Sissons (1983), Firth and Haggart 1989 >. 
Haggart (1989), Shennan (1989) and Lambeck 
(1991, 1993b, c).
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Fig. 1.44b Isobases fo r various shorelines recognized in Scotland. 1, Main late-glacial shoreline; 2, main Perth shoreline; 3, 
early shoreline in eastern Scotland. (M odified from  Sissons, 1983)

Recent developments in geophysical modelling 
have allowed researchers to use isobase patterns to 
arrive at independent reconstructions of former ice 
sheets. For example, Lambeck (1995) has argued for 
the existence of large Pleistocene ice sheets over the 
Barents and Kara seas and the Svalbard archipelago 
from the presence of raised shorelines in the region. 
Lambeck’s study extends earlier geophysical model
ling work (Tushingham and Peltier, 1991), and is 
compatible with independent reconstructions of ice 
extent in the region based on glacigenic landforms 
and sediments (e.g. Vorren and Kristoffersen, 1986; 
Vorrene?aZ., 1989, 1990; Solheim et al., 1990; Saet- 
tem, 1994). Theoretical isobases for the British Isles 
based on modelling by Lambeck are shown in Fig. 
1.45 (Plate 6).

The amount of residual uplift in a region (i.e. the 
amount of isostatic uplift that has still to occur) can 
be estimated by the mapping of free air gravity 
anomalies, which are regional variations in the force 
of gravity (Wu and Peltier, 1983). Negative gravity 
values indicate that the lithosphere is undercompen
sated and therefore is still undergoing rebound after 
ice unloading. Gravity anomaly maps therefore 
record imprints of former ice loading centres. They 
commonly echo the patterns of past uplift obtained 
from sea-level evidence, and point to multiple load
ing centres below the Laurentide ice sheet but a sin
gle centre below Scandinavia (Innes et al., 1968; 
Walcott, 1970; Balling, 1980).

The sea-level history of a region during the load
ing phase can be inferred from data on ice sheet

growth, although reconstructed histories will differ 
radically according to the assumptions made regard
ing ice sheet buildup. For example, England (1992) 
provided two alternative hypotheses to account for 
measured amounts of crustal loading in the Canadian 
High Arctic (Fig. 1.46). Both hypotheses interpret 
sea-level history in terms of isostatic loading and the 
glacioeustatic sea-level curves of Fairbanks (1989) 
and Tushingham and Peltier (1991). Hypothesis A 
assumes that the ice sheet reached its maximum 
extent in this region by 18 kyr b p  and remained con
stant until 8.8 kyr b p , when unloading commenced. 
Relative sea-level rose slowly during this interval 
because water was being added to the oceans by 
melting of the southern portions of the Laurentide ice 
sheet, and other ice sheets. Hypothesis В assumes 
that glaciers reached their maximum limits after 14 
kyr b p  following rapid advances from margins simi
lar to those of the present. In this case, isostatic load
ing occurred later, so that relative sea-level rise must 
have been more rapid. In both cases, the late date of 
deglaciation means that eustatic sea-level rise took 
place before glacial unloading, resulting in maxi
mization of the marine limit. These two hypotheses, 
therefore, account for the very large amounts of post
glacial uplift recorded in the High Arctic without 
invoking extensive Pleistocene ice cover as proposed 
by Blake (1970, 1975, 1992b, 1993) and Tushingham 
(1991). Limited late Pleistocene ice cover in this 
region is indicated by abundant geological evidence 
and ‘full-glacial’ radiocarbon dates from raised 
shorelines (e.g. England, 1985, 1990; Bednarski,
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Fig. 1.46 Postglacial relative sea-level curve (C-F) and 
alternative hypothetical loading-phase curves (A-В and A " -  
B) fo r  Greely Fiord, central Ellesmere Island, Arctic Canada. 
Hypothesis A (segment A-В) assumes tha t glacial loading 
was fu lly  established by 18 kyr bp and remained constant 
until 8.8 kyr bp, when unloading commenced. Relative sea- 
level rose slowly during this interval ow ing to  eustatic 
flood ing (curve A '-F '). Hypothesis В (segment A '-B) 
assumes tha t glaciers advanced rapidly to  the last ice lim it 
a fter 14 kyr bp from  margins similar to  the present. This 
involved a more rapid transgression because glacial loading 
and eustatic rise occur in concert. (From England, 1992. 
Reproduced by permission o f the Canadian Journal o f  Earth 
Sciences)

1986; Lemmen, 1989; D.J.A. Evans, 1990b; England 
et al., 1991), although recent reinterpretations of the 
expanding regional sea-level database invoke more 
extensive ice coverage (England, unpublished).

1.6 PRESENT DISTRIBUTION OF 
GLACIERS
Glacier ice presently covers approximately 10 per
cent or almost 16 million km ' of the Earth’s surface,
most of which is contained within the Antarctic (13.5 2 2 million km") and Greenland (2 million km ) ice
sheets. The remaining 3 per cent or 500,000 km“ 
exists as ice caps and small glaciers located at high 
latitudes or in mountainous regions around the 
world. These are located predominantly in the north
ern hemisphere, specifically around the Arctic Ocean 
basin, in mountainous maritime localities like Nor
way, Alaska and the Andes, and in continental high 
mountain terrains like the Alps and the Himalaya. 
The distribution of glacier ice is documented in more 
detail in Flint (1971), Hattersley-Smith (1974), Field

(1975), Williams and Ferrigno, (1988, 1989, 1991. 
1993) and the World Glacier Monitoring Service 
(1989). Calculating the volume of glacier ice is more 
difficult, but some figures have been made available 
by the radio-echo sounding of some glacier masses 
and the reconstruction of the bed and surface pro
files, providing us with another reminder of the dom
inance of the Antarctic ice sheet in global ice 
volumes (Table 1.2).

The present distribution of glaciers reflects the 
interplay between effective precipitation, tempera
ture and topography described in Section 1.1. These 
factors vary systematically around the globe, most 
notably with latitude, altitude, and distance from a 
moisture source.

1.6.1 Influence of latitude and altitude
Other factors being equal, glaciers will be more exten
sive closer to the poles because the low solar angle at 
high latitudes means that less energy is available to 
melt snow and ice. Similarly, for any given latitude, 
the likelihood of glacier survival increases with alti
tude because the thinner air at high altitudes is less 
efficient at holding heat energy than denser, lower air. 
The interaction of latitudinal and altitudinal factors 
creates a broad global pattern of glaciation in which in 
equatorial regions, glaciers exist only at high alti
tudes, but occupy progressively lower and lower alti
tudes towards the poles. For example, glaciers exist 
only above 4000-5000 m in the tropical mountains of 
Irian Jaya, Indonesia (Allison and Peterson, 1989), 
central Africa (Young and Hastenrath, 1991) and 
Ecuador (Hastenrath, 1981), but glaciers can form at 
sea-level in high-latitude regions such as the Canadian 
and Greenland High Arctic (Miller et al., 1975). This 
pattern clearly emerges in Fig. 1.47 (Plate 7), which 
shows present and past glacier equilibrium-line alti
tudes in a north-south transect through the North and 
South American Cordilleras. Glaciers’ ELAs rise 
from both poles towards the equator, reaching a max
imum in the subtropical Mexican Highlands and Boli
vian Andes. The simple rise towards the equator is

Table 1.2 Ice volumes (water equivalent) held in 
the Antarctic and Greenland ice sheets, and all 
other ice masses

Ice mass Volume (water equivalent)

Antarctic ice sheet 30.1 million km ’
Greenland ice sheet 2.38 million km3
All other ice 180,000 km3

Vatnajokull 3100 km3

Source: Figures from Sugden and John (1976) and Drewrv 
(1983).
Note: The volume of Vatnajokull, Iceland, is shown for 
comparison.
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complicated by the need for effective precipitation, so 
that in areas with high snowfall, such as southern 
Alaska, the volcanic peaks of Ecuador, and the Patag
onian icefields, glacier ELAs are lower than expected, 
whereas in more arid areas, such as the Bolivian 
Andes, glacier ELAs are higher.

In tectonically active terrains like the South Amer
ican Andes and New Zealand, the process of moun
tain-building increases the area lying above the 
regional ELA over time. So, even if the regional cli
mate remains quasi-stable over time, the area of land 
that lies at higher altitude and therefore in colder 
local climates increases. Uplift rates in South Islandj 
New Zealand, are between 3.2 m and 7.8 m kyr 
(Bull and Cooper, 1986), and in Ecuador the Andes 
have been uplifted by approximately 150 m over the 
last 50 kyr (Clapperton, 1987). Over longer 
timescales, uplift of Tibet and the Himalaya is 
thought to have been instrumental in global cooling 
and the onset of Quaternary glacial cycles (Ruddi- 
man and Kutzbach, 1991; Raymo and Ruddiman, 
1992; Beck et al., 1995).

1.6.2 Influences of aspect, relief and 
distance from a moisture source
Each of these three variables is influential in the pro
duction of glaciers at various scales, and they inter
act with the larger-scale factors of latitude and 
altitude to bring about particular glacier-landscape 
relationships (Section 1.3). Obviously, mountain 
landscapes such as the Himalaya, the European Alps, 
the North American Rockies and Coast Ranges, the 
New Zealand Southern Alps and the South American 
Andes are at sufficient altitude and are large enough

to host considerable mountain icefields, but at local 
scales mountain shape, aspect and continentality as 
well as size need to be taken into account.

Although the role of aspect in glacierization is not 
particularly obvious at regional and continental 
scales (Chorlton and Lister, 1971), it plays a signifi
cant part in the production of glaciers at local scales, 
especially in marginal settings where the regional 
snowline is located just below mountain summits 
(I.S. Evans, 1969). Snowline altitudes may vary by 
several hundreds of metres in high-relief terrain, 
owing to the differential receipt of both solar radia
tion and precipitation, particularly at mid- to high lat
itudes. The lowest snowlines in many northern 
hemisphere ranges are in north-east-facing basins, 
owing to the fact that north-facing slopes receive the 
least solar radiation and north-east-facing slopes are 
in the lee of prevailing south-westerly winds, thereby 
acting as snow traps. Even in areas where the 
regional snowline lies above the highest summits, 
glaciers can be produced by snow blow (e.g. Dol
gushin, 1961).

In most glaciated regions, precipitous peaks often 
remain free of snow despite the fact that adjacent 
highland plateaux at lower elevations host large ice
fields or ice caps (Fig. 1.48). This is a function of 
relief which involves summit area and shape as well 
as altitude. Generally, mountains that are higher in 
altitude will be able to accumulate enough snow to 
form a glacier, but narrow summits with steep sides 
will not have sufficient space for snow accumulation. 
The concept of critical summit breadth was outlined 
by Manley (1955), who suggested that a summit 
1 km wide will host an ice dome if it rises 200 m 
above the local firn line, whereas a summit only

Fig. 1.48 The Dent du 
Geant, M ont Blanc massif, 
Alps. Steep mountain-tops 
such as this remain ice- 
free even though they 
stand above the glaciation 
lim it. (Photo: D.l. Benn)
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100 m wide will need to be up to 700 m above the 
firn line before snow will accumulate. In some situa
tions mountain slopes will be too steep to hold snow, 
and therefore valley glaciers will be nourished by 
avalanche and will exist at altitudes well below the 
regional ELA (e.g. Andrews et al., 1970; see Section 
1.4.2.6). The degree of glacierization in the Home 
Bay and Okoa Bay areas of Baffin Island, Canada, 
has been used by Andrews et al. (1970) to devise a 
shape ratio, which is defined as the ratio of elevation 
to area. This ratio increases as mountains become 
more precipitous or more peaked. The suitability of 
local topography for glacier inception is best illus
trated by the glaciation level concept (see Section
1.6.3).

Even though a particular landscape may be suit
able for glacier inception, it also may lie at a consid
erable distance from the nearest moisture source. 
This means that continentality must be taken into 
account when assessing glacierization potential. 
Although continental interiors are characterized by 
extremely cold temperatures during the winter, they 
receive very small amounts of precipitation. This 
means that glacier mass budgets are controlled by 
summer temperatures in inland settings and by win
ter precipitation in coastal locations (e.g. Pelto, 1989; 
Letreguilly, 1988; Chapter 2). An example of the 
influence of continentality is given in Fig. 1.49, 
which shows that, for any given latitude, glaciers in 
the humid Cascade Mountains and Sierra Nevada

occupy lower altitudes than those in the drier Rocky 
Mountains to the east. Similarly, the rise in glaciation 
level in Norway is a function of distance from the 
ocean (Chorlton and Lister, 1971).

At high latitudes, precipitation totals may be insuf
ficient to maintain even mountain icefields, and so 
the proximity to open water may be critical to glaci
erization. A good example of this is the distribution 
of permanent glacier ice in the Canadian Arctic, 
where large icefields on south-east Ellesmere Island 
and Devon Island are nourished by the open ‘north 
water’ of Baffin Bay, but ice thicknesses and glacier 
cover diminish in a westerly direction owing to mois
ture starvation (Koerner, 1977b, 1979). At an ice 
sheet scale, the importance of distance to moisture 
source has been stressed by Chorlton and Lister 
(1968) for the Antarctic ice sheet, where the pattern 
of snow accumulation appears to be influenced 
mostly by the nearest available open ocean water.

1.6.3 Glaciation levels or glaciation 
thresholds
First introduced by Parsch (1882) and Bruckner 
(1887), the glaciation level or threshold is a theoret
ical surface in a glacierized terrain which separates 
ice-free and ice-covered summits. In a review of 
glaciation levels and ELAs in the Canadian High 
Arctic, Miller et al. (1975) summarized the impor
tance of the elevation of the glaciation level as a

Fig. 1.49 The control o f la titude over glacier altitudes in the western USA. The map shows the distribution o f glaciers in 
tw o  regions, separated by the heavy line. The graphs indicate tha t there is a steeper gradient (b) fo r the inland region o f 
the Rocky Mountains than fo r  the Cascade Mountains and Sierra Nevada o f the continental periphery (a). (Fro~ S-igse^ and 
John, 1976, a fter Meier, 1960)



Fig. 1.50 A schematic depiction o f the glaciation level in an area containing m ountain summits o f various shapes and a lti
tudes. The regional glaciation level lies between the lowest suitable summit hosting a glacier and the highest suitable sum
m it w ith ou t a glacier. (From Sugden and John, 1976, a fter 0strem, 1966)

------ Elevation of glaciation
limit (m)

~ 1  Permanent glacier ice

■  Settlements and 
weather stations 
(regular and irregular)

Fig. 1.51 Regional glaciation levels in 
southern Baffin Island. (M odified from  
Andrews and Miller, 1972)
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provider (a) of an integrated regional climatic index, 
(b) of a measure of the state of glacierization of a 
region, and (c) of an indication of the sensitivity of 
an area to changes in mass balance or climate 
change. 0strem  (1966) suggests that the glaciation 
level occurs at 100-400 m above the ELA.

Glaciation levels are usually derived by calculating 
the average difference between the highest unglacier- 
ized and lowest glacierized summits (0strem, 1966; 
Fig. 1.50). Because regional variations exist, glacia
tion levels are calculated for localized areas or at the 
largest scale possible and then contoured (iso- 
glacihypses) at a regional or smaller scale (e.g. 
0strem , 1966; Andrews and Miller 1972; Miller et 
al., 1975; 0strem  et al., 1981). The mapping of 
glaciation levels using the summit method is rela
tively quick and simple, and can provide an overview 
of local and regional trends, which in turn reflect the 
interaction of all climatic and topographic variables 
(Figs 1.51 and 1.52 (Plate 8)). For example, 0strem  
(1966) demonstrated a rise in the regional glaciation 
level with distance from temperate west coasts. This 
relationship simply reflects the turnover rate of mass 
in more temperate glaciers whereby the large inputs 
of precipitation on west coasts result in the extension 
of glacier snouts into very low altitudes to enable 
melting. In a reassessment of the glaciation level of 
the southern Coast Mountains of British Columbia, 
Canada, I.S. Evans (1990) provides evidence for an 
all-sided glaciation level which lies up to 300 m 
higher than local glaciation levels. The all-sided 
glaciation level defines the altitude at which glaciers 
will be formed on all aspects rather than just the 
northerly slopes of mountains.

1.7 PAST DISTRIBUTIONS OF 
GLACIERS
During glaciations, glacier ice may cover around 30 
per cent of the Earth’s surface, and this has had pro
found effects in shaping the surface features of vast 
areas that now lie well beyond glacierized terrains. 
Although reconstructing palaeoenvironments and 
explaining climate change are not aims of this book, 
this section will provide a brief overview of past dis
tributions and fluctuations of glacier ice in order to 
provide a context for following chapters on ancient 
landforms and sediments.

1.7.1 The pre-Quaternary
A general temperature curve for the Earth (Fig. 1.53) 
shows that conditions have been favourable for 
glaciation during several geological periods prior to 
the Quaternary (Frakes, 1979; Young, 1991). In fact,

Mean global Mean global 
temperature precipitation

present present

Fig. 1.53 General tem perature and precip itation curves for 
the Earth. (M odified from  Bradley, 1985)

the Earth has probably continually experienced some 
form of glaciation throughout the whole of its his
tory, but styles of glaciation have ranged from conti
nental ice coverage to restricted mountain ice caps 
(Fig. 1.54). Unlike in the case of the glaciations of 
the Quaternary Period, we have to look more to geo
logical changes, such as continental drift and moun
tain-building, than to external forcing mechanisms, 
such as orbital parameters or solar variability, in 
order to explain the timing of major glaciation- dur
ing older geological periods. Numerous s■udie^ have 
been undertaken on glacial sediments dating to vari
ous geological periods, and several re\ie\vs of the
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Fig. 1.54 Earth's glacial record, which includes only those 
deposits th a t are unequivocally glacial in origin. (M odified 
from  N. Eyles, 1993)

pre-Quaternary glacial record are available (Harland 
and Herod, 1975; John, 1979a; Hambrey and Har
land, 1981; Frakes et al., 1992; Hambrey, 1992; Dey
noux et al., 1993; N. Eyles, 1993). Here, we briefly 
review the Earth’s pre-Quaternary glacial record with 
an emphasis on glacier distributions. Good reviews 
on the geological controls on glaciation are provided 
by N. Eyles and Young (1993) and N. Eyles (1993).

Evidence for glaciation in the pre-Quaternary rock 
record is dominated by sediments referred to as 
tillites, mixtites or diamictites, which are lithified 
versions of poorly sorted glacial sediments (Harland 
et al., 1966; Boulton and Deynoux, 1981; Fig. 1.55). 
Recent sedimentological work on such rocks has 
shown that they have a variety of origins, and were 
deposited both beneath the former glaciers and 

:>nd the margins, often in deep water (e.g. Lind- 
' i v  1971: Hambrey, 1982; Visser, 1983a, b, 1994; 
D ’ deswell et a l ,  1985; Visser et a l ,  1987; C.H.

Eyles, 1988a, b; Frakes and Francis, 1988; C.H. 
Eyles and Lagoe, 1990; Matsch and Ojakangas, 
1991; Young and Gostin, 1991; see Chapters 8, 10 
and 11). Sediments deposited by glaciers into the sea 
{glacimarine sediments) provide a particularly valu
able record of ancient glaciations because they tend 
to have higher preservation potential than terrestrial 
sediments (Gravenor et al., 1984; C.H. Eyles et a l,  
1985).

The oldest evidence for glaciation dates to the Pre- 
cambrian Eon (>4600-570 Myr b p ) .  Within the Pre- 
cambrian sequence the Huronian Glaciation dates to 
the Lower Proterozoic and is represented by three 
formations of glacial sediments, which are approxi
mately 12,000 m thick and located in the Lake Huron 
region of Canada. The uppermost formation (Gow- 
ganda Formation) is the most extensive of the sedi
ments equating to this period and covers more than
120,000 km- (Fairbairn et al., 1969; Lindsey, 1971; 
Young and Nesbitt, 1985). Possible ice coverage at 
this time is depicted in Fig. 1.56a, showing an ice 
sheet on the Canadian Shield, which was located at 
high latitudes during the glaciation, as well as ice 
masses of unknown extent in southern Africa and 
western Australia. A recent review of the Gowganda 
Formation by C.H. Eyles et al. (1985) suggests that 
all the glacial sediments contained therein are sub
aqueous in origin (e.g. Miall, 1983a, 1985b), a view
point that questions the extent of the ice sheet in Fig. 
1.56a, since glacimarine sediments may extend much 
further than the ice itself. Evidence for Late Precam- 
brian or Upper Proterozoic glaciation is available in 
nearly every one of the Earth’s present continents 
(Harland and Herod, 1975; Spencer, 1975; Hambrey 
and Harland, 1981; Hambrey, 1983; N. Eyles and 
Young, 1993; Fig. 1.56b). Some of the most exhaus
tively studied rocks relating to this period are those 
of the PortAskaig Formation in Scotland (Bjorlykke, 
1969; Spencer, 1971, 1981; C.H. Eyles and N. Eyles, 
1983a; C.H. Eyles, 1988a) and the Gaskiers Forma
tion of Newfoundland, Canada (Williams and King, 
1979; Gravenor, 1980), which are again interpreted 
as being predominantly subaqueous in origin. Terres
trial subglacial tillites dating to the Upper Protero
zoic, often associated with subaqueous deposits, 
occur in Brazil (Pflug and Scholl, 1975; Rocha-Cam- 
pos and Hasui, 1981; Gravenor and Monteiro, 1983) 
and other ancient continental settings, but studies and 
debate on their origin continue (Schermerhorn, 1974, 
1975; Deynoux and Trompette, 1976; N. Eyles and 
Miall, 1984; Gravenor et a l ,  1984; C.H. Eyles et a l ,
1985). There is uncertainty about the exact distribu
tion of the Upper Proterozoic ice bodies, but there is 
evidence for several glaciations, the most recent of 
which may have spanned the Precambrian-Cambrian 
boundary (Bjorlykke et al., 1967; Harland and 
Herod, 1975). Although ice sheets may have per-
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Fig. 1.55 The tectonic setting o f Earth's glacial record. Glacial successions are placed according to  age and tectonic setting. 
(M odified from  N. Eyles, 1993)

sisted in polar regions for a large part of the Upper tions were not restricted to the south polar region.
Proterozoic, continental drift and mountain-building Evidence for glaciation during the Devonian occurs
episodes brought about the inception and decay of in South America and southern Africa but is frag-
numerous mountain icefields and continental ice mentary, telling us very little about the distribution of
sheets at various times; early notions of a single ice glacier ice at this time. Probably the most impact
sheet of global extent are not likely to be accurate made by any of the pre-Quaternary glaciations was
given the large changes in palaeogeography that took that of the Permo-Carboniferous Gondwanaland ice
place. sheet. This vast ice mass was centred on what is now

Abundant evidence exists for glaciations through- southern Africa and Antarctica, and glacier flow was
out the Palaeozoic era (570 M yr-230 Myr b p ) ,  directed radially over what are now the coasts of
specifically during Ordovician, Devonian and eastern South America, southern Africa, southern
Permo-Carboniferous times. The most convincing Australia and southern India (Fig. 1.58); smaller ice
evidence for Ordovician glaciation lies in Africa, masses were located at the margins of Gondwana-
which was centred on the South Pole during Ordovi- land. The glacier body probably comprised a series
cian times (Fairbridge, 1970, 1974, 1979; Bannacef of coalescent domes, which at their maximum cov-
et a l ,  1971; Harland, 1972; Allen, 1975; Biju-Duval ered approximately twice the area covered by the
et a l ,  1981) and hosted a large polar ice sheet con- present Antarctic ice sheet. The strati graphic record
sisting of coalescent domes; the ice sheet complex suggests that the ice coverage of the Permo-Carbonif-
may have been 20 million km ' in area, which is some erous fluctuated, and the glacial sediments on the
6 million krrf larger than the present Antarctic ice various segments of the former Gondwanaland w ere
sheet (Fig. 1.57). Further evidence for Ordovician probably not laid down at the same time Adie.
glaciation has been reported from South America, 1975). Hundreds of metres of glacial sediments dat-
southern Africa. Scotland and North America (Har- ing to the Permo-Carboniferous have been studied in
land and Herod. 1975), suggesting that glacial condi- regions as diverse as South Africa D tillite:
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Casshyap and Qidwai, 1974), Australia (Harris,
1981) and Antarctica (Lindsey, 1971; Matsch and 
Ojakangas, 1991), recording both terrestrial and sub
aqueous deposition (N. Eyles, 1993) in association 
with an ice sheet complex that behaved much like the 
Quaternary and recent continental ice masses (e.g. 
Hollin, 1969) but whose marine margins changed 
configuration as Gondwanaland drifted to more 
northerly latitudes (John, 1979b).

Although we often view the present glacial period 
as belonging to the Quaternary, the development of 
our present glacier ice cover began during the Ter
tiary Period (Denton and Armstrong, 1969; Turekian, 
1971), perhaps as a result of tectonic uplift of mid
latitude regions such as the Tibetan Plateau, the 
Himalaya and the western Cordillera of the Americas 
(Ruddiman et al., 1989; Kutzbach et al., 1989; 
Behrendt and Cooper, 1991). Uplift may have initi
ated increased weathering and erosion and the 
release of minerals capable of taking up C 0 2, thus 
creating an anti-greenhouse effect. This tectonic 
model has been questioned, however, by Molnar and 
England (1990), who suggest that the evidence for 
uplift (e.g. increased erosion) may actually be a func
tion of climate change, and hence there is a problem 
of misidentifying the chicken and the egg.

The growth of the Antarctic ice sheet heralded the 
beginning of Cenozoic glacier growth on the planet 
after a prolonged phase of global warmth throughout 
the Mesozoic Era and early Tertiary Period, but the

Fig. 1.56 Evidence o f Precambrian glaciation, (a) The continental arrangement o f the Lower Proterozoic, showing the loca- 
:  on o f glacial sediments (black dots) and a possible North American ice sheet. (From John, 1979. Reprinted by permission o f 
D = .'d  & Charles) (b) The distribution o f Upper Proterozoic glacial sediments. (From N. Eyles 1993. Reproduced by permission
;■ E sevier)

Hamilton and Krinsley, 1967; Stratten, 1969, 1971; 
Visser, 1983a, b, 1991; Visser and Hall, 1985; Visser 
et al., 1987), South America (Frakes and Crowell, 
1969; Frakes et a l ,  1969), India (A.J. Smith, 1963;
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Fig. 1.57 A reconstruction o f the Late Ordovician ice sheet. 
(From N. Eyles, 1993. Reproduced by permission o f Elsevier)

development history of the ice sheet is a subject of 
considerable debate. The offshore glacigenic sedi
ment record has been interpreted by some 
researchers as an indicator of almost continuous 
glaciation of Antarctica for the past 40 Myr (e.g. Har
wood, 1986; Barrett, 1989; Hambrey et al., 1989, 
1992), whereas others prefer a shorter history involv
ing only the past 10-5 Myr (e.g. Shackleton and 
Kennett, 1975; Drewry, 1978; Leg 113 Shipboard 
Scientific Party, 1987). These two viewpoints imply 
a maximum early Tertiary (Eocene) age and a mini
mum late Miocene/early Pliocene age for ice sheet 
development.

Since its early development, the volume of the 
Antarctic ice has certainly fluctuated, and some 
researchers suggest that it may have disappeared 
completely at times. Collapse is certainly easier to 
envisage for the West Antarctic ice sheet than for the 
East Antarctic ice sheet. This is because of the large

Direction o f glacial movement 
(striae, paleovalleys)

(Epicontinental seas

Oceans

Ice-cap

Presumed glacial pole (PG) 

Presumed magnetic pole (PM)

Fig. 1.58 A reconstruction o f the 
coverage o f the Permo-Carboniferous 
Gondwanaland ice sheet ana giacially 
influenced marine basins. (From N. 
Eyles, 1993. Reproduced by permis
sion o f Elsevier)



marine-based components of the West Antarctic ice 
sheet, which make it vulnerable to sea-level rise (e.g. 
Hughes, 1973; Sugden, 1988). However, collapse of 
the East Antarctic ice sheet during Pliocene warm 
intervals has recently been suggested on the basis of 
interpretations of the Sirius Group glacial sediments, 
which crop out at high elevations in the Transantarc- 
tic Mountains. The Sirius Group sediments contain 
reworked marine diatoms of Pliocene age, and their 
mountain summit locations have been explained by 
glacial transport from sediment-filled depressions. 
These depressions may have acted as seaways prior 
to 3 Myr ago, implying that the East Antarctic ice 
sheet had disappeared at that time (Webb et al., 1984; 
Webb and Harwood, 1991; Barrett et al., 1992). This 
interpretation has been challenged in a series of 
recent papers (Denton et al., 1993; Hall et al., 1993; 
Huybrechts, 1993; Kennett and Hodell, 1993; 
Marchant et al., 1993a, b; Sugden et al., 1993; Wilch 
et al., 1993) which provide geomorphological, 
geochronological and palaeoclimatological evidence 
for East Antarctic ice sheet stability since 4.4 million 
years ago. Denton et al. (1993) go further to suggest 
that, since its inundation of the Dry Valleys in the 
mid-Miocene Epoch, the East Antarctic ice sheet 
underwent only minor oscillations throughout the 
Pliocene, and that presently its Dry Valley outlets 
occupy a landscape which is inherited from an 
ancient period of semi-arid erosion. The settlement 
of this debate between the ‘dynamicists’ and ‘sta- 
bilists’ (reviewed by Clapperton and Sugden, 1990; 
Wilson, 1995) would certainly provide invaluable 
information on the stability of the Antarctic ice sheet 
during future warm phases of global climate, thereby 
making a very clear justification for the future study 
of glaciers and palaeoclimate!

The most impressive stratigraphic record of late 
Tertiary glaciation is that of the Gulf of Alaska, 
where the 5 km thick Yakataga formation records 
glacimarine sedimentation from the late Miocene to 
the Quaternary (Plafker and Addicott, 1976; Eyles et 
al., 1991). Excellent sedimentological detail is avail
able throughout the sequence, and a considerable 
amount of information on glacial depositional styles 
has been collected from it (Armentrout, 1983; C.H. 
Eyles, 1987, 1988b; C.H. Eyles and Lagoe, 1990). 
Glacier growth on the Gulf of Alaska coast has been 
a consequence of local tectonic uplift, which has 
been a product of the convergence between the 
Pacific and North American plates; regional climatic 
cooling since the late Tertiary has also been effective 
in the development of permanent ice in the freshly 
uplifted terrain (Plafker, 1987; Eyles et al., 1991).

Evidence from Alaska and Antarctica, therefore, 
remonstrates that our present glacier cover began to 

elop well before the Quaternary. Furthermore,
- : ■ ugh we can demonstrate that the past 2 Myr of

Earth history has been dominated by glacial-inter- 
glacial cycles, glacier ice has been a regular feature 
of the Earth’s surface since the Precambrian; the rel
ative stability of the present Antarctic ice sheet is an 
example of glacier-climate interactions on a long 
timescale (millions of years), and although it is 
affected by external or exogenic climate forcing 
mechanisms, its inception and longevity have been 
the product of internal or endogenic processes, 
specifically continental drift, for the past 55 Myr 
(Kennett, 1978).

1.7.2 The Quaternary
From interpretations of ocean cores and long 
sequences of loess (wind-blown dust) in China, it is 
apparent that as many as 21 glacial cycles may have 
affected the Earth’s surface during the Quaternary 
(Dansgaard and Tauber, 1969; van Donk, 1976; 
Kukla, 1987; Ding et a l ,  1993; Imbrie et al., 1993; 
Fig. 1.3). Unfortunately, most terrestrial evidence for 
the majority of these glaciations has been destroyed 
by subsequent events, and our geomorphological and 
stratigraphic record for glaciation is usually 
restricted to less than four events. It is beyond the 
scope of this book to present all of the evidence for 
Quaternary glacial-interglacial cycles, and exhaus
tive reviews of such material are available elsewhere 
(e.g. Denton and Hughes, 1981; Lowe and Walker, 
1984; Bradley, 1985; Sibrava et al., 1986; Fulton and 
Andrews, 1987; Ruddiman and Wright, 1987; Ful
ton, 1989; Clapperton, 1990a; Dawson, 1992; 
Williams et al., 1993; Calkin and Young, 1995). In 
this section we concentrate on the distribution of the 
major glacier ice bodies and comment briefly on their 
fluctuations during glacial cycles. Clearly, our pre
sent understanding of glacier distribution is more 
precise for the last glaciation than any previous 
glaciations.

A summary of the global distribution of glacier ice 
during the last glaciation is presented by Broecker 
and Denton (1990a) and Fig. 1.47. This map includes 
some overestimations of ice coverage, and is not sup
ported by field evidence of glacier margins dating to 
the last glaciation in some areas (e.g. the Canadian 
High Arctic). However, the map does provide an 
impression of typical glacier coverage during a 
glacial cycle.

1.7.2.1 ANTARCTICA

It is most appropriate to open a section on the Qua
ternary glacier ice cover of the Earth with reference 
to the Antarctic ice sheet, because it is an ice mass 
whose history spans the Pliocene-Quaternary bound
ary. Radiometric dates on nested moraine systems 
indicate that the East Antarctic ice sheet has fluctu
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ated by only a modest amount during the Quaternary. 
For example, the moraines and drift in the area of the 
Ross Embayment and Transantarctic Mountains 
record maximum expansions of certain outlet glaci
ers by less than 5 km since the Pliocene (Mercer, 
1972; Hendy et al., 1979; Bockheim et al., 1989; 
Denton et a l ,  1989a, b; Marchant et a l ,  1993b; Fig. 
1.59). Some glaciers terminating on dry land, like the 
Taylor and Hart glaciers, appear to have advanced 
during global interglacials and interstadials, because 
they drain the polar plateau or occupy parts of the 
McMurdo Dry Valleys where precipitation increases 
during warmer periods. Indeed, some glaciers in the 
area are advancing at the present day in response to 
the higher precipitation totals of the present inter-

Taylor II moraines 

Taylor III moraines

Taylor IVa moraines

Fig. 1.59 Moraines o f the Taylor Glacier in Arena Valley, 
Ross Embayment, Antarctica. The Taylor IV D rift is though t 
to  be o f early oxygen isotope stage 7 or earlier age, the Tay
lor ill Moraines date to  oxygen isotope stage 7, and the Tay
lor II D rift is o f oxygen isotope stage 5 age. Note tha t each 
glacial depositional phase dates to  a global interglacial 
period. (From Marchant e ta /., 1993b. Reproduced by per
mission o f Scandinavian University Press)

glacial (Denton et al., 1989a). In contrast, the major 
outlet glaciers which float in the sea have responded 
in phase with global glacial-interglacial cycles. This 
is thought to be a response to sea-level fluctuations 
rather than direct temperature/precipitation controls 
on the ice sheet (Clapperton and Sugden, 1990). Dur
ing global glacial maxima, sea-levels drop, allowing 
Antarctic outlet glaciers to stabilize and expand, 
whereas higher sea-levels during interglacials desta
bilize the outlets, causing them to retreat rapidly by 
calving (Hollin, 1962; Wilson, 1978; Stuiver et al., 
1981; Section 8.2). This glacioeustatic control on the 
marine margins of the Antarctic ice sheet may have 
allowed it to advance to the edge of the continental 
shelf in most areas (Denton and Hughes, 1981b), but 
reconstructions of the exact extent of grounded ice 
during successive Quaternary glaciations vary 
according to the interpretations of offshore sediment 
assemblages (cf. Drewry, 1979; Kellogg et al., 1979; 
Hambrey et al., 1989, 1992; Colhoun, 1991).

1.7.2.2 NORTHERN HEMISPHERE ICE SHEETS

In the northern hemisphere, the most significant 
glacial events have been the growth and decay of the 
large mid-latitude ice sheets in Scandinavia, northern 
Asia and North America. Although we often assume 
that the Greenland ice sheet is a permanent feature on 
the Earth’s surface, there is now evidence to suggest 
that it may have almost completely disappeared dur
ing the last interglacial at 130 kyr b p  (Koerner, 1989). 
Considerably less is known about the oscillations of 
mountain icefields in the Himalaya and Tibet, but 
glacier ice volume changes have been substantial in 
these regions also.

Maximum estimates of the size of the North 
American Laurentide ice sheet during glaciations 
suggest that it grows to be the largest ice body on 
the planet’s surface, constituting more than one- 
third of the world’s glacier cover during any one 
glaciation and having a volume of anywhere 
between 18 and 35 million km (Hughes et al., 
1981; Fisher et al., 1985). Therefore, its inception 
and disintegration both have considerable impacts 
on the global climate system and global sea-levels. 
Because of the paucity of data pertaining to older 
glaciations, we here present reconstructions of the 
ice sheet only for the Wisconsinan or last glaciation. 
The ice sheet may have begun its development at 
the close of the Sangamonian (last) interglacial, and 
its coverage may have been more extensive during 
the early Wisconsinan than at any subsequent time 
(Vincent and Prest, 1987). However, ice sheet extent 
during various stages of the Wisconsinan glaciation 
remains a contentious issue owing to the ambiguity 
of local and regional databases. Nonetheless the 
reconstruction of Dyke and Prest 119S~ represents
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a commendable effort to reconcile these ambigui
ties, and has been widely cited.

Dyke and Prest’s (1987) reconstruction for 18 kyr 
b p  (Fig. 1.60a (Plate 9)) depicts a Laurentide ice 
sheet that was separated from the High Arctic 
Franklin Ice Complex (England, 1976a) by the Lan
caster Sound ice shelf. Further ice shelves buttressed 
the ice margin along the Labrador and Maine coasts 
and Amundsen Gulf and Melville Sound. The ice 
sheet possessed three sectors or areas of inception, 
referred to as the Keewatin Sector (comprising 
Plains and Keewatin Ice), the Labrador Sector (com
prising Hudson and Labrador Ice) and the Baffin 
Sector (comprising Foxe, Amadjuak and Penny lce\ 
Dyke et al., 1989). The shrinkage of the ice sheet 
during the late Quaternary and early Holocene can be 
followed on Fig. 1.60b-d (Plate 9). The maximum 
extent of the ice sheet was not synchronous through
out, indicating the time-transgressive response of the 
ice sheet to the climatic forcing of the last glacial 
cycle (Fig. 1.10). Of critical significance to the 
glacial geology and geomorphology of North Amer
ica is the positioning and migration of the major ice 
divides and saddles throughout the growth and reces
sion phases of the Laurentide ice sheet. This chang
ing ice sheet geometry created a complex assemblage 
of landforms, discussed in detail in Section 12.4.4. It 
has also been suggested that the heart of the Lauren
tide ice sheet in the Hudson Bay area was somewhat 
unstable during the Wisconsinan glaciation, in that it 
underwent a number of collapse stages, owing to 
either climatic warming or an inherent tendency to 
periodic unstable advances or surges (Andrews et al., 
1983; Dredge and Thorleifson, 1987; Clark et al., 
1993; MacAyeal, 1993a, b).

The extent of the North American Cordilleran ice 
sheet is also depicted in Fig. 1.60a (Plate 9), where 
it is shown as being coalescent with the Laurentide 
ice sheet along a large portion of its eastern margin. 
In the west, the ice sheet fed fjord glaciers, which 
covered large areas of the continental shelf and 
advanced into the Puget lowlands and Strait of Juan 
de Fuca in Washington State (Clague, 1989; Easter- 
brook, 1992). To the south, large glacier lobes also 
penetrated into Idaho and Montana (Waitt and Thor- 
son, 1983; Richmond, 1986). In the north, the 
Cordilleran ice sheet coalesced with the expanded 
mountain icefields of Alaska, which had extended on 
to the continental shelf (Hamilton and Thorson, 
1983), and smaller and largely independent mountain 
icefields developed in the Mackenzie Mountains of 
the Northwest Territories (Duk-Rodkin and Hughes, 
1992), where the deposits of four separate glaciations 
have been documented (Hughes et al., 1989). The 
extent of the Cordilleran ice sheet shown in Fig.
' 60a (Plate 9) remains a contentious issue, however, 
bee ause some researchers maintain that a corridor

existed for a considerable distance between the two 
ice sheets during at least the last glaciation (Reeves, 
1973; Stalker, 1980; Rutter, 1980, 1984). Such a cor
ridor could conceivably be a function of the differen
tial response rates of the two ice sheets. Differential 
responses have been demonstrated stratigraphically 
in southern Alberta, where Laurentide tills con
sistently overlie Cordilleran tills (Alley, 1973; 
Stalker, 1976b; Stalker and Harrison, 1977), but 
non-coalescence of the two ice masses is difficult to 
prove geomorphologically and geochronologically 
(MacDonald et a l ,  1987; Bobrowsky and Rutter,
1992). Although multiple Laurentide and Cordilleran 
till units have been reported by numerous researchers 
(e.g. Tharin, 1969; Harris and Boydell, 1972; Alley, 
1973; Roed, 1975; Stalker, 1976b; Stalker and Harri
son, 1977), recent studies have argued for only one 
extensive Laurentide glaciation of the westernmost 
plains in central Alberta (Liverman et al., 1989).

In the Canadian and Greenland High Arctic, max
imum reconstructions of the last glaciation depict 
coalescent Laurentide, Queen Elizabeth Island and 
Greenland ice (e.g. Blake, 1977, 1992b; Hughes et 
al., 1977; Denton and Hughes, 1981a; Hughes,
1986). Although Greenland and Ellesmere Island ice 
has been coalescent during older glaciations (Eng
land et al., 1981; England and Bednarski, 1989), the 
field evidence supports a more restricted or minimum 
reconstruction of glacier cover during the last glacia
tion (e.g. England, 1978, 1985, 1990; Hodgson, 
1985; Bednarski, 1986; Lemmen, 1989; Evans,
1990), and such a reconstruction has been used by 
Dyke and Prest (1987) in their maps (Fig. 1.60a 
(Plate 9)). Such modest responses by high-latitude 
ice masses is a predictable one, given the aridity of 
the polar deserts in which they are located, and may 
be compared to the oscillations of the McMurdo Dry 
Valley glaciers discussed earlier in this section.

Although the oscillations of the Greenland ice 
sheet may be large over glacial-interglacial cycles 
(Koerner, 1989), its margins cannot advance far from 
their present positions on to the continental shelf 
before becoming destabilized by deeper water. 
Extensive moraines thought to date to the last glacia
tion have been found just offshore around most of the 
coast of Greenland (Funder, 1989), but reconstruc
tions of the last glaciation in the arid north part of 
Greenland invoke only modest advances (England,
1985) because of precipitation starvation, as for the 
adjacent Canadian Arctic archipelago. During an ear
lier glaciation, the Greenland ice sheet did manage to 
cross Nares Strait and inundate the north-east corner 
of Ellesmere Island (England et al., 1981; Retelle, 
1986a; England and Bednarski, 1989); glacial ero- 
sional forms on the islands in Smith Sound, between 
Ellesmere Island and Greenland, and shell-bearing 
till on Carey Oer in Baffin Bay have been ascribed by
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Blake (1992) to an ice stream in the coalescence zone 
of a Canadian High Arctic (Innuitian) ice sheet and 
an expanded Greenland ice sheet.

In Eurasia, ice sheets developed over Britain, 
Scandinavia, the Barents and Kara Shelves, and parts 
of northern Siberia. The maximum extent of these ice 
masses remains contentious, however, some 
researchers arguing that all were confluent, and oth
ers preferring more restricted ice cover consisting of 
independent ice masses (e.g. Denton and Hughes, 
1983; Hughes et al., 1985; Hughes, 1986; Dawson, 
1992; Grosswald and Hughes, 1995). Abundant evi
dence exists for the expansion of the Scandinavian 
ice sheet into northern Germany, northern Poland 
and the Baltic states of Estonia, Latvia and Lithuania 
(Andersen, 1981), but the limits further east remain 
uncertain. Marine ice sheets developed on the Bar
ents and Kara Shelves, which dammed the north- 
ward-draining rivers of the west Siberian lowlands to 
produce proglacial lakes covering up to 1.5 million

km2 (Grosswald, 1980; Arkhipov et al., 1986a, b; 
Baker et al., 1993; Rudoy and Baker, 1993; Fig. 
1.61). The Eurasian ice cover also reversed the 
drainage of the main central European rivers so that 
they began draining to the Caspian, Black and 
Mediterranean Seas (Arkhipov et al., 1995). Evi
dence of former glacier flow emanating from the 
New Siberian Islands and moving on land in eastern 
Siberia is used by Grosswald (1984, 1988) and 
Grosswald and Hughes (1995) to suggest that the 
Barents/Kara Shelf ice sheet complex was coalescent 
with a Laptev/East Siberian Sea ice sheet and that 
this ice extended across to the Alaskan coast. 
Geochronological constraints on ice-marginal 
deposits in a number of regions do not support such 
maximum models for the last glaciation, and debates 
on ice coverage at that time continue (cf. Grosswald, 
1980, 1984; Velichko et a l ,  1984, 1989; Grosswald 
and Hughes, 1995; Rutter, 1995). However, com
pelling geomorphological evidence, largely in the

' f ' L H2000

Tungusw o  LoK e

Y en ise i
. L o k e "

D v in a  -P e c h o r l 
L a k e s

K om o

Khvolyn

: g 1.61 The last Eurasian ice sheet and its related proglacial drainage system according to  Grosswald (1980): (1) fu ll glacial 
sea = _~з:е : (2) ice-dammed and other lakes; (3) ice-free land; (4) boundaries o f ice sheets and m ountain icefields; (5a) lines 
o f ce * on terrestrial and grounded marine ice; (5b) lines o f ice flo w  on floa ting  glacier ice; (6) a ltitude o f surface of 
inlanc a<es '  metres; (7) directions o f stream flow ; (M) Mylva Channel; (K) Keltma Channel. The ice domes and mountain 
icefie ds s re Br 3ritish; (Sc) Scandinavian; (B) Barents; (Sv) Svalbard; (K) Kara; (U) Uralian; (Pt) Putorana Plates-: (V) Verk
hoyansk Mountains: (T)Tuva-Sayan Mountains; (A) A lta i Mountains. (From Rutter 1995. Reproduced by permiss on o f Elsevier)



52 G l a c ie r s

form of extensive large end-moraine systems (e.g. 
Punkari, 1995), does attest to extensive ice coverage 
during older glaciations, and the palaeogeography 
reconstructed in Fig. 1.62 must be viewed as an all- 
time maximum margin comprising diachronous seg
ments.

In Britain, unequivocal geomorphological evi
dence exists for only two Quaternary glaciations: the 
Anglian, when ice diverted the course of the River 
Thames southwards (Rose, 1983; Ehlers and Gib- 
bard, 1991), and the Devensian (Rose, 1989a; Jones 
and Keen, 1993). Evidence for an intervening Wol- 
stonian glaciation is presently disputed (e.g. Shotton, 
1983; Rose, 1987; Rice and Douglas, 1991; Gibbard 
et al., 1992; Jones and Keen, 1993), even though an 
extensive glaciation at that time (the Saalian) is 
known to have inundated large areas of northern 
Europe and, just as the Anglian glaciation diverted 
the Thames, brought about significant changes in the 
courses of the north-west European rivers (Gibbard. 
1988; Ehlers, 1990). Considerable debate has sur
rounded the question of coalescence of the British 
and Scandinavian ice sheets during the last (Dim- 
lington Stadial) glaciation. Certainly the British and 
Scandinavian ice sheets grew independently from the 
amalgamation of highland ice masses during the 
early stages of glacial cycles, but alternative inter
pretations of the glacial geological/geomorphologi- 
cal record advocate different full-glacial 
reconstructions. Maximum reconstructions depict 
confluent Scandinavian and British ice with a conflu-

Fig. 1.62 Possible Pleistocene maximum o f glacier ice cover 
in the northern hemisphere. The eastern part o f this recon
struction is highly controversial. (M odified from  Grosswald 
and Hughes, 1995)

ence zone positioned over the northern North Sea 
(Boulton et al., 1977, 1985). The occurrence of Scan
dinavian erratics in British tills and offshore moraine 
belts certainly lends support to such reconstructions. 
Furthermore, deeply incised subglacial meltwater 
channels on the floor of the North Sea have been 
assigned a last glaciation age by Ehlers and Wing
field (1991), suggesting that the two ice sheets did 
coalesce. Conversely, a number of recent studies 
indicate that ice sheet coalescence occurred prior to 
the last British ice sheet maximum at c. 18 kyr b p . 

Quaternary core stratigraphies from the North Sea 
indicate that coalescence occurred around 
130-200 kyr b p , but later a large area of dry conti
nental shelf, exposed by the glacioeustatic sea-level 
drop, existed between the Scandinavian and British 
ice sheets iSejrup et al., 1987). This is supported by 
the ice sheet profile reconstructions of Nesje et al.
11988). Nesje and Sejrup (1988) and Nesje and Dahl 
11990). based upon blockfield distributions in Nor
way. as well as the ice-marginal positions identified 
by Andersen (1979). Sutherland (1984a), Cameron et 
al. (1987). Long et al. (1988) and Balson and Jeffery 
(1991) based upon offshore sediment-landform 
assemblages (Figs 1.63 and 1.64).

1.7.2.3 MOUNTAIN GLACIERS

In addition to the continental-scale ice sheets, numer
ous mountain glaciers expanded during glacial peri
ods to produce large icefields. Such icefields were 
located in all the major mountain ranges of the 
world, including the European Alps (Andersen, 
1981; Schltichter, 1986), the Brooks Range, northern 
Alaska (Hollin and Schilling, 1981), the Andes 
(Clapperton, 1993), the Himalaya (Shroder et al.,
1993), and the Yenisei-Taymyr region of eastern 
Russia (Andersen, 1981; Arkhipov et a l ,  1986a). In 
addition, icefields on the upland plateau of Iceland 
coalesced to form a large ice cap which extended to 
the shelf edse at its maximum configuration (Ander
sen, 1981). Claims by Kuhle (1985, 1986, 1988b) 
that large areas of the Tibetan Plateau were covered 
by an ice cap conflict with most interpretations of the 
field evidence (Derbyshire et al., 1991; Rutter, 1995), 
and most researchers agree that Pleistocene glacia
tions in this region were confined to the Himalaya 
and other mountain chains surrounding the Tibetan 
Plateau (e.g. Burbank and Kang, 1991; Derbyshire et 
al., 1991; Kalvoda. 1992; Owen et al., 1996a).

In South America and New Zealand, some evi
dence exists for the initiation of glaciers in the 
Pliocene Epoch (Gage, 1961; Mercer, 1976; Rabassa 
and Clapperton, 1990; Suggate, 1990). During the 
Quaternary Period, glaciers have expanded and con
tracted largely in phase with their larger northern 
hemisphere counterparts. The most substantial
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North Sea

Orkney Islands

Fig. 1.63 A lternative in terpre ta
tions o f the Weichselian/Deven- 
sian glacier margins in the North 
Sea: (a) Valentin (1957); (b) 
Jansen (1976); (c) Long e t al. 
(1988); (d) Ehlers and W ingfie ld 
(1991). (Reproduced by permis
sion o f John W iley & Sons)

expansions have involved the icefields of the New 
Zealand Southern Alps and Patagonia. In parts of 
Patagonia the Quaternary sequence includes 
interbedded glacial sediments and lavas, providing 
particularly accurate reconstructions of former glac
ier fluctuations (Feruglio, 1944). Extensive and well- 
preserved moraine systems also provide clearly 
defined margins of former glaciers, especially on the 
eastern side of the Andes, where glaciers terminated 
on land rather than as tidewater fronts (Caldenius, 
1932; Mercer, 1976; Porter, 1981a; Clapperton, 
1993; Clapperton et al., 1995). The extent of the 
Quaternary glaciations in southernmost South Amer
ica is depicted in Fig. 1.65, which illustrates the 
importance of the Andean mountain chain to the 
accumulation of glacier ice during cold c limate 
stages. The buildup of the Patagonian icefield during 
the last glaciation was modelled by Hulton et al.

1994), who identified a steep rise in the palaeo-ELA 
of 4 m km from west to east and a more restricted 
ice advance on the east of the Andes, interpreted as a 
product of the reduction in precipitation as westerly 
winds crossed the mountains. The New Zealand 
Southern Alps provide a physiographic/climatic set
ting similar to that of the Andes in that they are a 
young, tectonically active mountain chain receiving

high precipitation totals from the moisture-laden 
westerlies. The limits of five separate glaciations 
have been identified on the Quaternary geology map 
of New Zealand (New Zealand Geological Survey, 
1973); however, it is the limits of the last Otiran 
glaciation that are most prominent and appear to 
document several depositional phases. The palaeo- 
ELAs of the Tasman and nearby glaciers during these 
phases were reconstructed by Porter (1975b) and 
compared with historical (1970-72) ELAs for the 
same area (Fig. 1.66). Restricted glacial coverage in 
other areas of the southern hemisphere is reviewed 
by Colhoun and Fitzsimons (1990) and Galloway 
(1963) for Australia, by Hall (1990) and Clapperton 
(1990c) for the islands of the Southern Ocean, and by 
Rosqvist (1990) for Africa.

In all the glaciated mountain regions of the world, 
evidence of progressively younger ice advances is 
partially preserved in the shape of inset moraine 
sequences and associated landform/sediment assem
blages (e.g. Shroder et al., 1993, for the Himalaya 
and Clapperton, 1993, for the Andes). This may rep
resent the preservation of only part of the landform 
record in that evidence for restricted earl> glacial 
advances has been destroyed by later extensive 
advances. Alternatively, landscape evoluti n. particu-
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Fig. 1.64 Major moraine systems documenting the form er 
margin o f the Scandinavian ice sheet. (From Dawson, 1992. 
Reproduced by permission o f Routledge)

larly tectonic uplift, may be capable of producing 
sequentially less extensive glacier advances through 
time. For example, a reduction in the areal extent of 
ice in the Himalayan region through time may be a 
function of its remarkable uplift of 3000 m during 
the Quaternary, which has probably acted as a barrier 
to the summer monsoon, reducing precipitation in 
the continental interior. This situation is the end 
result of an evolutionary sequence which probably 
started off with the uplift of the Himalayan/Tibetan

highlands, initially producing more extensive succes
sive glaciations.

Recent dating evidence indicates that, during the 
late Pleistocene, advances of mountain glaciers were 
asynchronous in different regions (Gillespie and 
Molnar, 1995; Benn and Owen, 1997). There are sev
eral possible reasons for this lack of synchrony. First, 
glaciers respond to different climatic signals, so that 
in humid areas glaciers may advance during a global 
cooling phase, whereas in arid areas glaciers may 
retreat during cold phases owing to a reduction in 
precipitation. Second, the development of large ice 
sheets will alter regional climate patterns and intro
duce further complications in the response signals of 
other ice masses. For example, the late development 
of the north-eastern margins of the Laurentide ice 
sheet and the Franklin Ice Complex of the Canadian 
High Arctic in response to the cooling of the last 
glaciation reflect changing precipitation patterns 
related to the evolution of the ice sheet. Third, glac
ier response rates vary according to glacier size and 
therefore the glacial record of climate change will be 
one of time-transgressive response.

1.7.2.4 THE YOUNGER DRYAS

The Younger Dryas is the name given to a cold inter
val (or stade) that occurred near the end of the last 
glaciation, approximately 11-10 kyr ago, immedi
ately prior to the beginning of the present interglacial 
period (the Holocene). The name comes from Dryas 
octopetala or mountain avens, an attractive white and 
yellow flower related to the strawberry, which is 
prominent in the pollen records of those times for 
lowland Scandinavia. The Younger Dryas was partic
ularly marked around the North Atlantic region, 
where glaciers readvanced from the restricted loca
tions they had occupied following the last glacial 
maximum.

It has been argued by Wright (1989) that the 
Younger Dryas cooling was caused by the release of 
large volumes of cold meltwater to the North Atlantic 
from icebergs from the Scandinavian and Siberian 
ice sheets as well as from the southern margins of the 
Laurentide ice sheet. Recently, much research has 
been focused on the role played by drainage of Lake 
Agassiz, a lake ponded up along the southern edge of 
the Laurentide ice sheet (e.g. Broecker et al., 1989; 
Broecker and Denton, 1990a, b; Teller, 1990; Fig.
1.60b (Plate 9)). Initially, the overspill from the lake 
drained southwards via the Mississippi into the Gulf 
of Mexico, but about 11,000 radiocarbon years ago 
the retreating ice allowed a new escape route to open 
up to the east, through the Great Lakes region and 
along the St Lawrence River. It has been argued that 
huge discharges from the lake into the North Atlantic 
effectively diverted the North Atlantic Drift to a more
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Fig. 1.65 Glacial limits in southern South America. (From Clapperton, 1993. Reproduced by permission o f Elsevier)

southerly location, thus initiating a cooling of North 
Atlantic ocean water, which was transmitted by the 
atmosphere to the region as a whole. A readvance of 
the Laurentide ice sheet after 10.4 kyr b p  (Teller, 
19871 rediverted the Lake Agassiz drainage to the 
Gulf of Mexico, thereby shutting off the influx of

cold water to the North Atlantic and contributing to 
the close of the Younger Dryas. The reduction in ice
bergs from the margins of the Scandinavian and 
Siberian ice sheets, which had retreated from the 
marine environment, may also have been influential. 
Although the Gulf of St Lawrence drainage route



Fig. 1.66 Reconstructions o f glacier extent, surface topography and palaeo-ELAs fo r  the  Tasman River -  Lake Pukaki drainage basin, South Island, New Zealand. 
Dashed contours represent ELAs (metres), (a) Balmoral Advance (60-28 kyr bp) , (b) Tekapo Advance (14.5-13 kyr BP), (c) Birch Hill Advance (12-8 kyr bp) . (From Porter, 
14/Ml i ' i l  Ily pi'imiImIom n l III*» UnJvf*f*lly I>I WAthinutOP)
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was reopened owing to ice retreat by 9.5 kyr b p , dis
charges were perhaps too low to reproduce the diver
sion of the North Atlantic Drift.

The Younger Dryas shares many characteristics 
with earlier short-lived cold episodes that punctuated 
the last glaciation in the North Atlantic region, sug
gesting that they may share a common origin. The 
Greenland ice core record for the last glaciation shows 
that colder than average conditions, known as Dans- 
gaard-Oeschger events, occurred every 2000-3000 
years during the last glaciation. Each cold event con
sisted of a gradual cooling followed by a rapid warm
ing, and several culminated in massive discharges of 
icebergs (Heinrich events) into the North Atlantic, 
thought to reflect the breakup of advancing ice sheet 
margins (Section 1.2; Bond et ah, 1993; Bond and 
Lotti, 1995). The Dansgaard-Oeschger events have 
been attributed to flow instabilities, or surges, of the 
North American ice sheet, but recent research sug
gests that ice margins throughout the region advanced 
simultaneously during many of the events, and that an 
oceanic or climatic trigger is more likely. Possibilities 
include oscillations of the Atlantic conveyor’ due to 
ocean-ice sheet interactions, or some hitherto 
unknown climatic cycle, possibly driven by changes 
in solar radiation. It is therefore possible that the 
Younger Dryas is part of a larger, little-understood 
pattern, rather than a unique event requiring a special 
explanation.

In the British Isles, upland glaciers and icefields 
readvanced or re-formed during the Younger Dryas 
locally known as the Loch Lomond Stade\ Sissons, 
-979a; Gray and Coxon, 1991). During this period 
'ome of the most extensive terrestrial moraine belts 
n the British Isles were constructed at the margins of 

retreating cirque and icefield outlet glaciers. The 
irgest icefield at this time was the Highland glacier 

complex in Scotland (e.g. Sissons, 1977a; Thoip, 
.986; Bennett and Boulton, 1993a), but smaller ice- 
nelds and glaciers occupied the mountainous terrain 

the Hebridean islands (e.g. Ballantyne, 1989; 
Benn et ah, 1992; Fig. 1.67) and Cairngorms (Sis- 
ons. 1980a) of Scotland, the English Lake District 
Sissons, 1979b, 1980b) and Pennines (Mitchell, 
.991), Snowdonia (Gray, 1982a) and the Brecon 
Beacons (Shakesby and Matthews, 1993) in Wales, 
_nd the Mourne, Wicklow, Donegal and Connemara 
Mountains and Macgillicuddy’s Reeks in Ireland 
'Gray and Coxon, 1991).

In Scandinavia, the ice sheet margins readvanced,
' rming the extensive and well-developed Salpaus- 
veika moraines of southern Finland and the Ra 
” raines of south-western Norway (Donner, 1969, 
1978. 1982; Ignatius et ah, 1980; Eronen, 1983; 
Bjorck and Diserfeldt, 1986). Although the Younger 
Dn. was originally thought to be a strictly Euro- 
~ ' t - Г .  e\ent. e. idence is now mounting for glacier

reactivation elsewhere. Grant and King (1984), Mott 
et ah (1986) and Stea and Mott (1989) have argued 
that glaciers readvanced in the Maritime Provinces 
of North America, and Dubois and Dionne (1985) 
concluded that the Quebec North Shore moraine 
was formed at the south-east margin of the Lauren
tide ice sheet at this time. Evidence of Younger 
Dryas ice advances has also been found in the 
mountains of western North America (Clague, 1975; 
Porter, 1978; Armstrong, 1981), South America 
(Mercer and Palacios, 1977; Clapperton, 1985; 
Clapperton and McEwan, 1985) and New Zealand 
(Porter, 1975b), suggesting that it may have been a 
global climatic shift rather than one restricted to 
areas around the North Atlantic (cf. Rind et ah,
1986). However, the causes of such a global cli
matic event remain obscure, and await further 
research.

1.7.2.5 RETREAT OF THE LAURENTIDE AND 
SCANDINAVIAN ICE SHEETS

By the end of the Younger Dryas at 10 kyr b p , the 
Laurentide ice sheet had retreated to a position of 
great instability caused by the increasing size and 
depth of water bodies at the ice sheet margins (Fig. 
1,60b (Plate 9)). At approximately 8-9 kyr b p , an 
extensive moraine system, referred to as the Cock- 
burn Moraines, was deposited by the Laurentide ice 
sheet after it had largely retreated to terrestrial posi
tions along the Keewatin, Baffin Island and Labrador 
coasts (Fig. 1.60d (Plate 9); Falconer et ah, 1965), 
and within 1000 years the ice sheet had been reduced 
to mere remnants in Keewatin, Labrador and Quebec, 
and Baffin Island. This very rapid demise was due to 
massive calving within Hudson Strait and Hudson 
Bay (Dyke and Prest, 1987; Andrews, 1989; Dyke 
and Dredge, 1989; Vincent, 1989). Remnants of the 
Laurentide ice sheet still exist today in the form of 
the Barnes and Penny Ice Caps on Baffin Island, and 
continue to undergo retreat in our present interglacial 
climate.

In Europe, the retreat of the Scandinavian ice sheet 
was also rapid, owing to the presence of various large 
proglacial lakes and high sea-levels in the area of the 
Baltic and Gulf of Bothnia. During the Younger 
Dryas, a large freshwater lake (the Baltic Ice Lake) 
was dammed between the southern ice margin and the 
north European mainland (Fig. 1.68a; Donner, 1969. 
1978, 1982; Ignatius et ah, 1980; Eronen, 1983; 
Bjorck and Digerfeldt, 1986). By 10,000 yr b p  (the 
Yoldia Stage), the ice sheet had retreated far enough to 
allow the flow of marine waters into the Baltic i Fig. 
1.68b). Rapid glacier retreat between 10,000 and 
9000 yr b p  reduced the ice sheet to a remnant dome in 
northern Sweden, and an extensive freshwater lake. 
Ancylus Lake, had formed in the area of the Baltic and
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Fig. 1.67 A reconstruction o f the Cuillin Hills icefield on the Isle o f Skye, Scotland, during the Loch Lomond Stadial (Younger 
Dryas). The lower diagram is an oblique view over Skye as it would have appeared during the Loch Lomond stadial. (From 
Ballantyne, 1989. Reproduced by permission o f John Wiley & Sons)

Gulf of Bothnia (Fig. 1,68c). The reversion to lake 
conditions in the Baltic was probably caused by the 
closing of its marine connection channel in central 
Sweden due to glacioisostatic rebound; the Baltic did 
not revert back to marine conditions again until a new 
outlet was developed in the Danish Sound (Litorina 
Sea: Fig. 1.68d; Eronen, 1983).

1.7.2.6 NEOGLACIATION

As we saw in Section 1.7.2.5, retreat of the great 
northern hemisphere ice sheets continued into the 
Holocene Epoch, which is the current phase of the 
Quaternary Period and began approximately 10,000 
years ago. The term neoglaciation was introduced by
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rig. 1.68 Stages in the recession o f the Scandinavian ice sheet and associated marine and lake events: (a) Baltic Ice Lake; 
c) Yoldia Stage; (c) Ancylus Lake; (d) Litorina Sea. (Reproduced by kind permission o f M atti Eronen)

Porter and Denton (1967) to refer to the regrowth of 
glaciers after their minimum extent in the early 
Holocene. Neoglaciation started as early as 8 kyr b p  

n some regions, but much later in others (Denton 
.md Karlen, 1973).

In North America, ice margins on Baffin Island 
ere behind their current positions by 5 kyr b p , but 

readvanced briefly before approximately 3.2 kyr b p  

Miller, 1973, 1976; Andrews and Barnett, 1979; 
Dyke, 1979; Dyke et a l, 1982a). Neoglacial 
advances of North American mountain glaciers, dat
ing to various times throughout the Holocene, are 
reported from the Canadian Cordillera (Denton and 
Karlen. 1977; Luckman and Osborn, 1979; Osborn, 
1985. 1986; Ryder and Thomson, 1986; Ryder,

1987, 1989; Desloges and Ryder, 1990), the US 
Rocky Mountains (Richmond, 1965; Benedict, 
1973a; Currey, 1974), the Alaskan Brooks Range 
(Ellis and Calkin, 1979, 1984; Calkin and Ellis, 
1982; Calkin et al., 1985) and the Torngat Moun
tains of Labrador (D.J.A. Evans and Rogerson,
1986). The chronologies of these neoglacial 
advances have been reconstructed from lateral 
moraine stratigraphies where glaciers overrode pre
vious deposits (e.g. Osborn and Karlstrom. 1989; 
Desloges and Ryder, 1990) and from inset moraine 
sequences. An excellent review of the Holocene 
evolution of the Laurentide and Greenland ice 
sheets and the Canadian mountain glacier> > avail
able in Fulton (1989).
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At arid higher latitudes in North America and in 
Greenland the responses of glaciers to climate 
change were very different. The buildup of ice in 
response to the last glacial cycle was far less intense 
and slower than that of the Laurentide ice sheet, and 
maximum glacier limits date to the Holocene (Figs 
1.60a and 1.60d (Plate 9)) and deglaciation began 
anywhere between 10 and 7 kyr b p  according to site- 
specific characteristics (England, 1978, 1985, 1990, 
1992; Hodgson, 1985; Bednarski, 1986; Lemmen, 
1989; D.J.A. Evans, 1990b; Lemmen et al., 1994a). 
The Canadian and Greenland High Arctic warmed 
until the mid-Holocene, when colder conditions gave 
rise to the formation of the northern Ellesmere Island 
ice shelves and the readvance of glaciers to their 
maximum neoglacial positions (Blake, 1981; 
Bradley, 1990; D.J.A. Evans and England, 1992). 
Although the ice shelves are now breaking up (Jef
fries, 1987), many of the larger glacial systems con
tinue to respond to the mid-Holocene cold phase, 
testifying to the greatly different response rates of 
various glacier systems (Stewart and England, 1983; 
Evans and England, 1992).

Glacier advances have taken place in many parts of 
Scandinavia during the Holocene (0strem, 1964; 
Karlen, 1973; Andersen, 1980). Recent research on 
the Jostedalsbreen region by Nesje and Kvamme 
(1991) has suggested that the ice cap Jostedalsbreen 
disappeared completely during the early Holocene. 
They further suggest that prominent moraines 
located just outside the Little Ice Age glacier limits 
document major readvances by mountain glaciers 
during the Pre-Boreal-Boreal transition at 9 kyr b p , 

when the Scandinavian ice sheet was at its Ancylus 
Lake stage (Erdalen Event, Fig. 1.69).

In the southern hemisphere, a large amount of 
work has been undertaken on Holocene glacial 
chronologies in New Zealand. Here stratigraphic 
sequences in overridden lateral moraines provide a 
pattern of glacier oscillations that closely resembles 
those of Europe (e.g. Gellatly et al., 1985). The New 
Zealand Holocene chronology bears some resem
blance to the pattern of glacier activity in South 
America (e.g. Mercer, 1970), although considerable 
work is still required on neoglacial moraines in South 
America. The Holocene history of the Antarctic ice 
sheet is characterized by relatively minor oscillations 
of certain margins on a timescale that is similar to 
that of the Arctic, although much research is still 
required. For example, the ice shelf of the Antarctic 
Peninsula had disappeared by approximately 6.5 kyr 
b p  but formed again sometime in the later half of the 
Holocene, when local glaciers and glaciers on the 
islands of the Southern Ocean also advanced (Clap
perton, 1990c). The higher sea-levels of our present 
interglacial have largely resulted in the recession of 
the large outlet glaciers of the ice sheet, owing to

Fig. 1.69 The retreat o f the Scandinavian ice sheet and 
subsequent Holocene glacier fluctuations according to  
Nesje and Kvamme (1991). (Reproduced by permission o f 
the Geological Society o f America)

grounding-line retreat (Section 8.2). However, some 
terrestrial glacier snouts have advanced in response 
to the higher precipitation levels of the interglacial 
(Denton et al., 1989a; Clapperton and Sugden, 
1990).

Abundant historical documentation is available for 
the most recent of the Earth’s glacial events, the Lit
tle Ice Age of the late sixteenth to early twentieth 
centuries. This was a period of lower temperatures on 
a global scale which brought about the advance of 
glaciers by an average of several kilometres at high 
latitudes and altitudes. An excellent review of the 
evidence for climate change and glacier response 
pertaining to the Little Ice Age was provided by 
Grove (1988). Numerous studies of individual post- 
Little Ice Age glacier retreat histories, based upon 
lichenometric and other relative dating techniques, 
have been reported from around the world. In Iceland 
and Norway, historical accounts of glacier fluctua
tions complement the dating techniques employed on 
recessional moraine sequences. In Norway, the 
advance and retreat histories of different glaciers 
appear to vary according to distance from moisture
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source, latitude and altitude (cf. Matthews and 
Shakesby, 1984; Erikstad and Sollid, 1986; Ballan- 
tyne, 1990a; Bickerton and Matthews, 1992, 1993; 
D.J.A. Evans et al., 1994). An example of a post-Lit- 
tle Ice Age moraine sequence for Nigardsbreen, Nor
way, is reproduced in Fig. 1.70.

The historical fluctuations of Icelandic glaciers are 
presented in Fig. 1.71, which is based largely upon 
direct observations (e.g. Rist, 1984; Grove, 1988). 
This shows that some glaciers are still retreating at a 
considerable rate from their Little Ice Age maximum 
positions, while others have reached a position of sta
bility or are even readvancing. Whereas the retreats 
are in response to climate change, stability and read- 
■•ances are related to a number of factors such as 
'urging behaviour, completion of retreat from low
lands on to plateau surfaces where ablation rates are 
lower, glacier hypsometry and ice-divide migration.

Some of the best-dated Little Ice Age moraine 
sequences in North America are in the Rockies and 
west-coast mountains, where written records and 
rhotographs have been used in conjunction with 
:ree-ring and lichenometric dating to obtain ages on 
landforms which document glacier fluctuations 
:liroughout the Holocene (e.g. Luckman and Osborn, 
1979; Grove, 1988). An interesting aspect of the Lit- 
:le Ice Age advance in the southern Canadian Rock
ies is that it represents the most extensive Holocene 
glacier advance, indicating that conditions were 
more favourable for glacier growth during the past 
few hundred years than at any other time since the 
list glacial period.

Records of glacier responses to the Little Ice Age 
cooling trend in the Himalaya and China are far more 
ratchy but generally show patterns of retreat since 
:ne late nineteenth century (Grove, 1988). Superim- 
rosed on the retreat patterns of some glaciers are 
numerous readvances of various ages, which are 
:hought to relate to fluctuations in temperature and 
—.onsoonal air flow (e.g. Shih Ya-feng and Wang 
,’:ngtai. 1979; Mayewski et al., 1980; Grove, 1988).

Some glacier snout fluctuations since the Little Ice 
Age have been documented by direct observation 
e.g. Harper, 1993). A climate-change monitoring site 

has been established at the northern margin of the 
Barnes ice cap, Baffin Island (Jacobs et al., 1993), in 
rder to link climatic variables with post-Little Ice 

Age recession rates, which have been studied since 
:he 1960s (e.g. Andrews and Barnett, 1979). Rather 
'.nan showing continuous retreat since the Little Ice 
Age. some studies have identified more complex his- 
: rlcal glacier fluctuations. For example, short-term 
rrecipitation controls are thought to be responsible 
: г recent advances of glacier snouts on Mount 
Закег. Washington (Harper, 1993), in the Premier 
Range of British Columbia (Luckman et a l, 1987), 
md on the Franz Josef Glacier, New Zealand (Chinn,

Fig. 1.70 The moraine ridge sequence documenting the 
retreat o f Nigardsbreen, Norway, from  its Little Ice Age 
maximum position. This is typical o f the forelands o f many 
actively receding glacier snouts around the world. Moraines 
are labelled A -X  and numbered 1-19 on the north-east and 
1-18 on the south-west sides o f the foreland. The historical 
dates are based upon lichenometry which was undertaken 
at sites marked (+). (From Bickerton and Matthews, 1992)
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Fig. 1.71 Frontal fluctuations o f Icelandic glaciers in historical times showing post-Little Ice Age response. (From Grove, 
1988. Reproduced by permission o f Routledge)

1989; Brazier et al., 1992), the latter having under
gone several readvances during overall retreat. Simi
larly, many of the glaciers of Europe have undergone 
readvances over the past few decades after large- 
scale retreat from their Little Ice Age maximum posi
tions, and although the pattern is complex, the 
fluctuations appear to be broadly synchronous (Fig. 
1.72; Grove, 1988). Such regional synchrony in

Europe has been linked to fluctuations in summer 
temperature and precipitation (e.g. Reynaud, 1980, 
1983) and persistent synoptic situations (Hoinkes, 
1968).

At first glance the patterns of Holocene glacier 
fluctuations based upon numerous studies from 
around the world appear to be only weakly corre
lated. However, Rothlisberger (1986) compared the
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Fig. 1.72 A comparison o f the behaviour o f Austrian, Swiss 
and French glaciers since 1890 in terms o f the percentage of 
rnose found to  be retreating, advancing or stationary each 
• ear. (From Grove, 1988. Reproduced by permission o f Rout
ed ge)

moraine sequences only of glaciers of approximately 
:ne same size, and collected all data himself in order 
:o achieve compatibility. He produced a series of 
-urves for glacier oscillations in both hemispheres 
•vhich displays a remarkable synchrony for global 
glacier responses to Holocene climate change (Fig. 
I .- 3). Such correlations provide a valuable insight 
into the long-term behaviour of glacial systems 

orldwide, and help to identify the causes of global 
dimate change.

'.7 .2 .7  'AVERAGE' GLACIAL CONDITIONS

Although knowledge of glacier distribution is most 
retailed for the period during and following the last 
glacial maximum, this period is not necessarily rep
resentative of the bulk of Quaternary time. Porter

(1989) has argued convincingly that for most of the 
Quaternary, glacier extent has been intermediate 
between the full-glacial maxima and interglacial 
minima experienced during the Holocene, and that 
such intermediate conditions are the most relevant to 
long-term analyses of environmental change and 
landscape evolution. Using long palaeoclimatic 
records from ocean cores, Porter argued that in 
Britain and Iceland average ice cover was similar to 
that during the Younger Dryas, whereas in Scandi
navia ice cover consisted of large mountain icefields 
covering almost all of Norway and the highlands of 
Sweden. The Laurentide ice sheet probably consisted 
of three coalescent domes centred over Keewatin, 
Labrador and Baffin Island, covering approximately 
the same area as at 9000 yr b p  (cf. Fig. 1.60 (Plate 
9)). The Greenland and Antarctic ice sheets were 
slightly larger than at present, whereas glaciers in 
major mid- to high-latitude mountain ranges, such as 
the Southern Alps of New Zealand, the Himalaya, the 
southern Andes, the European Alps and the Cascade, 
Brooks and Alaska Ranges, probably extended a few 
kilometres to a few tens of kilometres beyond their 
present margins.

According to Porter, this average ice cover repre
sents the principal boundary conditions for much of 
Quaternary landscape evolution, including the ero
sion of classic glacial mountain landscapes of 
cirques and fjords, the development of erosional 
shore platforms and tropical atolls (because of the 
correlation between ice cover and global sea-level), 
and long-term sediment yields.

1.8 THE FUTURE

To what extent are the post-Little Ice Age retreat ten
dencies an indicator of future glacier behaviour and 
distribution? In order to address this question we 
have to assess the influences of long-term climate 
change cycles and unprecedented human-induced 
global warming (Warren, 1995). This chapter has 
demonstrated that different glaciers can respond in 
completely different ways to the same climate trig
ger, and so predictions of future climate trends and 
glacier behaviour must avoid generalizations about 
recent glacier-climate linkages and look to the 
longer-timescale Quaternary record of climate and 
glaciation.

Global warming scenarios (e.g. Leggett. 1990 > 
have tended to invoke images of higher global >ea- 
levels, increased melting of the world's ice boiie>. 
and accelerated calving rates at the marine margin' 
of the Antarctic ice sheet followed by ice sheet col
lapse (e.g. Hughes, 1972, 1973; Mercer. 19”S; Sug- 
den, 1988). The various climate-glacier red:: r.'hip'
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Fig. 1.7B Fluctuations o f 
glaciers in the major glaciated 
regions o f both hemispheres 
during the Holocene. (From 
Grove, 1988. Reproduced by 
permission o f Routledge)
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reviewed in this chapter clearly show that a warmer 
world is not necessarily a non-glacierized world. 
Indeed, glaciers of high-latitude and arid environ
ments, including the great ice sheets of Antarctica 
and Greenland, may well expand, owing to the 
increased precipitation totals of a warmer environ
ment.

As we are presently in an interglacial, we should 
perhaps look to the Quaternary record to understand 
exactly how extensive previous interglacial ice cover

was. We would then know what to expect of our pre
sent interglacial in terms of further glacier recession. 
In Section 1.2.2 we discussed the stability of the 
Greenland ice sheet and presented the interpretation 
of ice core records by Koemer (1989), who suggests 
that the ice sheet may have disappeared completely 
during the last interglacial. Even if this is an over
estimate of the melting total, this observation alone 
implies that we may not yet have arrived at a natural 
interglacial equilibrium.
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2.1 INTRODUCTION
Glaciers and ice sheets are large, dynamic stores of 
water, constantly exchanging mass with other parts 
of the global hydrological system. Glaciers grow by 
the input of snow and other forms of ice accumulat
ing on their surfaces, and lose mass by melting, the 
breakaway of icebergs, and other processes. The dif
ference between the gains and losses over a given 
period of time is the mass balance, which is positive 
if the glacier is gaining mass and negative if it is los
ing mass. Glacier mass balance reflects the climate of 
the region in which the glacier is situated, together 
with site-specific glacier morphology and local topo
graphic setting. The idea of mass balance is therefore 
an important link between climatic inputs and glacier 
behaviour, allowing the advance and retreat of many 
glaciers to be understood in terms of regional or 
global climatic change. As a result, past climates can 
be reconstructed from historical or geological evi
dence for glacier fluctuations, and future water bal
ance can be predicted for catchments containing 
advancing or retreating glaciers.

Glaciers also contain a direct record of past cli
mates in the ice itself. Successive layers of snow 
and ice laid down each year contain trapped air bub
bles that represent samples of the ancient atmos
phere, and the water molecules making up the ice 
provide a means of reconstructing former air tem
peratures. Additionally, the layers may contain 
impurities such as volcanic ejecta, wind-blown dust 
or radioactive fallout, providing important records 
of the past.

In this chapter we review the processes by which 
glaciers gain and lose snow and ice, and examine the 
links between climate, glacier mass balance and 
glacier behaviour. The record of past climates con
tained in glacier ice is described, and we conclude 
with a discussion of the links between past and pre
sent climates and glacier temperature.

2.2 GAINS AND LOSSES

With reference to the glacier system described in 
Chapter 1, the mass balance of a glacier is the bal
ance between the inputs and the outputs of snow, ice, 
water and vapour, or between accumulation and abla
tion. Both accumulation and ablation may take place 
along the whole length of a glacier during the winter 
and summer respectively. However, on most valley 
glaciers and some ice sheets the amount of accumu
lation will decline downglacier and the amount of 
ablation will decline upglacier, producing a point on 
the glacier where ablation equals accumulation: the 
equilibrium line.

2.2.1 Processes of accumulation

Glacier ice accumulates by the precipitation of snow 
and other forms of ice at the glacier surface. The 
most important primary source of ice on most glac
iers is snowfall, although amounts vary a great deal 
from place to place and throughout the year (Fig.
2.1). The highest rates occur in mountainous mar
itime regions with frequent onshore winds, such as 
the Coast Range of Alaska, southern Iceland, west
ern Patagonia, and the west coast of New Zealand’s 
South Island. Snowfall accumulation rates as high 
as 8 m yr 1 (water equivalent) have been reported 
for parts of the Patagonian icefields (Escobar et al., 
1992; Warren and Sugden, 1993). Conversely, snow
fall is lowest far from any oceanic moisture source, 
such as the interior of Antarctica, which is one of 
the most arid regions on Earth. On a more local 
scale, accumulation rates are strongly influenced by 
redistribution processes such as wind-blowing or 
avalanching. High winds can very effectively scour 
exposed surfaces and redeposit snow in sheltered 
lee-side locations, while in steep, mountainous areas 
avalanches can transfer large quantities of snow on 
to glacier surfaces from the overlying slopes 
(Vivian, 1975).

Ice crystals may also form on glacier surfaces by 
the freezing of supercooled vapour or water droplets 
carried by the wind. The most important type of ice 
formed by this process is rime ice, which can assume 
strange plant-like shapes built up by the eddying 
moisture-laden air. Rime ice accumulation is most 
rapid in cool, humid conditions on surfaces which 
are most exposed to the wind (Sugden and John, 
1976). Some direct accumulation may occur by the 
freezing of rain-water or groundwater that comes

Fig. 2.1 Snow accumulation layers on Zongo Glacier, 
Cordillera Real, Bolivia. Successive summer ablation horizons 
are picked ou t by dark dust layers. Note the unconform ity 
near the top  o f the left-hand ice cliff, where ablation has 
removed some layers. The refreezing o f surface m eltwater 
to  form  icicles is also clearly shown. (Photo: D.l. Benn)
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into contact with a glacier, although most liquid 
w ater on or in glaciers is meltwater derived from 
snow or ice. Therefore, freezing is most important as 
a process for altering the state of the glacier, rather 
than adding to it.

Glacier accumulation zones have been subdivided 
according to the nature of melting and refreezing
Benson, 1961; Muller, 1962; Paterson, 1994; Fig. 

2.2). Not all the zones are necessarily represented on 
any one glacier. The highest dry snow zone is every
where below 0°C and is therefore not affected by 
meltwater. The dry snow line separates the dry snow 
zone from the percolation zone, which is character
ized by some surface melting. Water in this zone can 
percolate down through the snow, where it refreezes 
ds horizontal ice lenses or vertical ice glands. The 
iepth of percolation of meltwater increases with 
decreasing elevation until a point on the glacier (the
■ et snow line) marking the upper limit of the wet
■ now zone, where all the snow deposited during the 
previous winter period has been raised to 0°C. At

nver elevations the refrozen meltwater is in such 
_bundance that it forms a continuous mass of super
imposed ice rather than lenses and glands. This

defines the superimposed ice zone, and the dividing 
line between this zone and the wet snow zone on the 
glacier surface is the annual snow line or firn line. 
The equilibrium line marks the point where the 
annual accumulation is exactly balanced by losses 
from the system: this may be the lower limit of the 
superimposed ice zone or, if a superimposed ice zone 
is absent (such as in temperate localities), the lower 
limit of the wet snow zone. In the latter case, the 
equilibrium and snow lines coincide. Dry snow zones 
occur only in the interiors of the Greenland and 
Antarctic ice sheets, where temperatures are less than 
-25°C, and at high altitudes (Benson, 1961).

2.2.2 Transformation of snow to ice
If the yearly total of snow or ice accumulating on a 
glacier surface exceeds local losses by ablation, net 
accumulation occurs. Year after year, successive 
accumulation layers are built up, and the deeper layers 
eventually turn to glacier ice (Fig. 2.1). The transfor
mation of snow to ice occurs as the volume of air- 
filled pores is reduced and the material increases in 
density. Freshly fallen snow has a density of
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50-200kg m 3, compared with 830-910kg m 3 for 
glacier ice, and 1000 kg m for pure liquid water 
at 0°C. Pure ice has a density of 917 kg m . Snow 
that has survived one melt season and has begun this 
transformation is known as firn, and has a density of 
400-830 kg m 3 (Paterson, 1994). The transition 
between firn and ice occurs when interconnected air 
passages become sealed off, isolating air in separate 
bubbles. Additional increases in density beyond this 
point are achieved by compression of the bubbles, 
placing the enclosed air under pressure.

The processes by which snow is transformed into 
ice, and the time taken for the transformation to 
occur, depend on climate. In cold polar regions and 
at high altitudes, where melting is unimportant, the 
principal mechanisms leading to an increase in den
sity are (a) restructuring by wind, (b) the movement 
of crystals relative to one another, (c) changes in 
crystal size and shape, and (d) internal deformation 
of crystals. Winds commonly blow snow across glac
ier surfaces, either during or after snowfall. This has 
the effect of breaking up snowflakes into smaller ice 
crystals, and redepositing them in drifts which have 
much higher density than snow deposited in still air 
(mountaineers refer to compact, wind-blown snow as 
winds lab). Once deposited, snow increases in density 
owing to the pressure exerted by overlying snow, 
which causes crystals to move relative to one another 
and adopt stronger, more stable packings. As a result, 
compaction increases with increasing depth of burial. 
This process is encouraged by progressive changes in 
the size and shape of crystals in the snowpack, 
because denser packings are possible for spherical 
particles than for other shapes. Fresh snow crystals 
have elaborate, complex shapes with many branches 
and re-entrants, but the crystals gradually assume 
more spherical shapes because molecules migrate 
from one part of the crystal to another, so as to 
reduce energy gradients across the surface. Migration 
may be over the surface, within the crystal lattice, or 
through the air as vapour (Paterson, 1994). Changes 
in shape are most important in the early stages of 
transformation, when overburden pressures are low 
and void spaces are common. Further volume change 
can result from the internal deformation, or creep, of 
ice crystals when overburden pressures increase 
(Section 4.3.1).

The transformation of snow to ice is greatly accel
erated when melting occurs at the surface or within 
the snowpack, as is often the case at relatively low 
altitudes in low and mid-latitudes. Water percolates 
downwards through the snow, where it will refreeze 
if it comes into contact with cold snow or ice, form
ing horizontal lenses or vertical glands of superim
posed ice (Section 2.2.1). Because freezing of water 
releases heat (Section 2.2.3.2), the formation of 
superimposed ice results in warming of the surroun

ding snow, making it easier for further melting to 
occur in the future. As a result, progressively 
deeper layers of snow can be raised to the melting 
point if melting is accompanied by refreezing at 
depth. If the surrounding snow or ice is already at 
the melting point, water may remain in pore spaces 
until it is refrozen when the weather or season 
turns colder. The formation of superimposed ice is 
particularly important in areas where snowfall 
accumulation is low, allowing the penetration of 
seasonal ‘cold waves’ from the surface. For exam
ple, about 90 per cent of the ice of the Meighen Ice 
Cap, Northwest Territories, Canada, was formed by 
the transformation of snow to superimposed ice 
(Koerner, 1970).

The contrast in time taken for snow to transform 
into glacier ice in the presence and absence of melt
ing is well illustrated by the variations in density 
with depth for the Upper Seward Glacier, Yukon. 
Canada, and part of the Greenland ice sheet (Fig. 
2.3). The Seward Glacier profile is representative of 
low altitudes in temperate areas, and shows transfor
mation from firn to ice (830 kg m ) at only 13 m 
below the surface, or within 3-5 years of burial. In 
contrast, in the Greenland profile, from a cold conti
nental setting, this change does not occur until a

Density (kg n r3)

Fig. 2.3 Changes in firn  and ice density w ith  depth on the 
Upper Seward Glacier, St Elias Mountains, Canada, where 
m elting occurs, and on part o f the Greenland ice sheet 
where there is little  or no m elting. (From Paterson, 1994 
a fte r Sharp, 1951, and Langway, 1967. Reproduced by per 
mission o f Pergamon)
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depth of 66 m, equivalent to more than 100 years 
since burial (Paterson, 1994).

2.2.3 Ablation

2.2.3.1 PROCESSES OF ABLATION

Ablation refers to the totality of the processes by 
which snow and ice are lost from a glacier, and 
includes wind ablation, the avalanching of ice blocks 
from terminal ice cliffs, the calving of icebergs into 
•vater, melting followed by runoff, evaporation and 
-ublimation.

Wind, ablation refers to wind scouring of snow that 
results in the removal of mass from a glacier. It can 
be a very important process near the margins of the 
polar ice sheets, where severe katabatic winds blow 
: ut from the continental interior towards the coast. It 
.an also be of local importance on valley glaciers, 
depending on glacier aspect relative to the prevailing 
winds.

Avalanching or dry calving is an important process 
f mass loss in mountain areas where glaciers termi

nate on or above steep slopes. Ice breaking from the 
p lacier front falls down to lower altitudes, where it 
melts in situ (Fig. 2.4). However, if the melt rate is 
exceeded by the rate of avalanching, glacier ice will 
re-form at the base of the slope, forming a lower 
placier tongue. In this case, the upper ice source and 
me lower tongue form two parts of a single glacier 

stem. Dry calving is also important at the margins 
f cold, polar ice masses which commonly form steep

fig . 2.4 Dry calving at the margin o f a hanging glacier, 
- - g e l Glacier, Jasper National Park, Canada. Ice blocks from  

glacier fro n t avalanche down the steep rock slabs and 
the Edith Cavell Glacier below. (Photo: D.J.A. Evans)

ice cliffs. Blocks toppling from the cliffs accumulate 
as a jumble of icy rubble at the base, which will ablate 
in situ unless overridden by the glacier during a read
vance (Section 5.4.3).

Iceberg calving refers to mass loss at the margins 
of water-terminating glaciers through the breakaway 
of floating icebergs. Individual calving events vary 
enormously in scale, from the release of small blocks 
to huge events involving hundreds or thousands of 
cubic metres of ice (Fig. 2.5). An extremely large 
calving event occurred during a rare breakup of the 
sea-ice that usually surrounds the tongue of Erebus 
Glacier, Antarctica. In March 1990, a 3.5 km long 
portion of the floating glacier tongue broke off, pro
ducing an iceberg weighing approximately 100 mil
lion tonnes. This huge mass of ice was last seen 
floating past McMurdo Base carrying a hut used by a 
research team, who fortunately were not in residence 
at the time (Robinson and Haskell, 1992). More 
recently, in January 1995, a large portion of the 
Larsen ice shelf in the Antarctic Peninsula broke up, 
causing the ice margin to retreat by up to 2 km in 
only five days (Rott et al., 1996). A spectacular series 
of photographs of a large calving event from Jacob- 
shavns Glacier, west Greenland, has been published 
by Epprecht (1987). Globally, calving is an extremely 
important ablation mechanism, because the Antarctic 
ice sheet, which contains most of the world’s glacier 
ice, mostly terminates in the sea and exists in an 
environment which is almost everywhere too cold for 
surface melting. The mechanisms of iceberg calving 
have been reviewed by Warren (1992) and are desc
ribed in detail in Section 8.2.4.

Melting, evaporation and sublimation are the 
transformation of ice to water, water to vapour, and 
ice to vapour, respectively (Fig. 2.6). Mass loss by 
these processes occurs at the glacier surface, and 
within pore spaces and other voids below the sur
face (internal ablation; Ambach, 1955). Internal 
ablation can be important within snow, but also

Fig. 2.5 Iceberg calving at a tidew ater glacier margin, 
Osbornebreen, Spitsbergen. (Photo: D.J.A. Evans)
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Fig. 2.6 Phase changes 
between ice, water and 
vapour, showing the am ount 
o f la tent heat energy con
sumed and released by the 
transform ation
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occurs below weathering crusts on ice surfaces. 
These crusts are produced by differential absorption 
of radiant energy along grain boundaries, and con
sist of porous ice with loosely interlocking crystals. 
During the formation of weathering crusts, more ice 
is being melted than would be detected by surface 
lowering measurements of ablation (Muller and 
Keeler, 1969).

Melting is the dominant process of ablation on 
many glaciers, particularly where daytime tempera
tures exceed 0°C for at least part of the year. Subli
mation can predominate, however, in cold continental 
settings where the air is very dry (the humidity is 
low), such as the Dry Valleys of Antarctica. Melting, 
evaporation and sublimation all require the input of 
radiation and/or thermal energy, which can come 
from various sources. The energy balance at glacier 
surfaces, and its implications for ablation, are desc
ribed in the following section.

2.2.3.2 ENERGY BALANCE AND ABLATION

Ablation by melting, evaporation and sublimation 
will occur if there is a net surplus of energy at the 
glacier surface after the ice has been raised to the 
melting point. Conversely, a net deficit in energy at 
the surface can chill the ice or lead to ice accumula
tion through condensation of vapour or freezing of 
liquid water. The surplus or deficit of energy over 
time is known as the energy balance, and is an 
important factor when considering glacier ablation 
rates (Kuhn, 1979; Gruell and Oerlemans, 1986; 
Paterson, 1994). Components of the energy balance 
on glacier surfaces are (a) solar radiation, (b) long
wave radiation, (c) sensible heat from the atmos
phere, and (d) latent heat transferred during melting, 
freezing, condensation, evaporation and sublimation 
с llectively termed phase changes).

Solar ra d ia tio n
Solar radiation provides the primary source of energy 
for the world’s climate system. Most solar radiation 
reaching the lower atmosphere is in the short wave
lengths between c. 0.2 and 4.0 pm, peaking in the vis
ible part of the spectrum (0.4-0.7 pm) (Barry and 
Chorley, 1992). This radiation can reach the surface 
as direct sunshine or as diffuse radiation scattered 
through the atmosphere. On cloudy days, almost all 
incoming short-wave radiation is diffuse. Part of the 
solar radiation is reflected back off the surface, but 
the remainder can provide energy for heating, melt
ing, evaporation and sublimation. The percentage of 
radiation that is reflected from a surface is called the 
albedo. Albedo values are high for fresh snow sur
faces and low for bare and dirty ice surfaces (Ambach, 
1985; Rothlisberger and Lang, 1987; Kuhn, 1989a; 
Paterson, 1994; Table 2.1). The values in Table 2.1 
contrast with values of 2 -4  per cent for water (with 
high sun angles), 10-20 per cent for grass and 35-45 
per cent for dry sand (Briggs and Smithson, 1985). 
Snow surfaces may be responsible for reducing the 
absorption of short-wave radiation by a glacier sur
face by over 80 per cent. Therefore, less energy is 
available for ablation on snow surfaces than on 
debris-covered ice. This means that the amount of

Table 2.1 Albedos (per cent) fo r snow and ice
Range Mean

Dry snow 80-97 84
Melting snow 66-88 74
Firn 43-69 53
Clean ice 34-51 40
Slightly dirty ice 26-33 29
Dirty ice 15-25 21
Debris-covered ice 10-15 12

Source: Paterson (1994)
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ablation will accelerate during the ablation season on 
the lower parts of mid- and high-latitude glaciers, as 
winter snow cover gives way to bare ice surfaces. 
Estimations of albedo values are crucial to the con
struction of energy balance models over large ice 
sheets (e.g. Braithwaite and Olesen, 1990a; van de 
Wal and Oerlemans, 1994).

The amount of short-wave radiation received by a 
surface also depends on its aspect relative to the posi
tion of the Sun. Radiation receipts are highest when 
the Sun’s rays make an angle of 90° with the surface, 
and lowest when the angle is low (Fig. 2.7). The low 
solar angle in the high latitudes, and in the mid-lati- 
rades during the winter, means that overall radiation 
receipts are much lower than in the tropics. At a local 
level, this global pattern is modified by slope gradi
ent and aspect, and topographic shading by moun- 
:ains and other barriers, which can result in very 
different rates of ablation on different parts of a glac- 
:er. In the northern hemisphere, solar radiation is at a 
minimum on north-facing slopes in December and 
,'anuary; in the southern hemisphere the opposite is 
true.

Long-wave radiation
Energy also reaches glacier surfaces in the form of 

<ng-wave (infrared) radiation (Barry and Chorley, 
' 992). This energy is emitted from the atmosphere, 
r :vks or other surfaces when they have been heated, 
mainly by incoming short-wave radiation. The ability 

: the lower atmosphere to trap long-wave radiation
■ \nown as the greenhouse effect, a natural phenom

enon which is being enhanced by certain types of 
^mospheric pollution (Houghton et al., 1990; Barry 
~nd Chorley, 1992; Kemp, 1994). Water vapour is a 
r articularly efficient greenhouse gas, retaining energy 
~ the atmosphere and making it available for heating 

and glacier ablation. Therefore, long-wave radiation 
-an be a very important component of the energy

budget of glaciers when the air is humid, such as dur
ing hazy or overcast weather. Clear, dry air has a 
much lower ability to trap long-wave radiation, result
ing in lower long-wave receipts during the day and 
very rapid reductions in air temperature at sunset, 
when incoming short-wave radiation is cut off. Long
wave radiation is also important at the margins of 
valley glaciers overlooked by rock walls, where radi
ation emitted from dark rock surfaces can accelerate 
ablation (Fig. 2.8).

Sensible heat transfer
Thermal energy exchanged at the interface between 
the atmosphere and a glacier surface is known as sen
sible heat because it can be felt with the senses. Sen
sible heat is transported by warm air masses. These 
can be associated with local air circulation, such as 
warm valley winds that blow up mountain valleys 
during the day or Fohn-type winds on the lee side of 
mountain ranges (Barry, 1992), or form part of large- 
scale low-pressure systems such as the Atlantic 
depressions that commonly affect north-west Europe, 
and the summer monsoon in the Himalaya. Sensible 
heat transfer is most efficient when the atmosphere is 
much warmer than the snow or ice surface, and 
strong winds and a rough glacier surface encourage 
turbulence and rapid heat exchange (Kraus, 1973; 
Paterson, 1994).

Latent heat transfer
Changes of state between ice, water and vapour con
sume or give up energy, known as latent heat. Melting 
consumes 334 joules of energy per gram of ice melted 
(J g ), whereas evaporation consumes 2500 J g  , 
over eight times as much. Freezing and condensation 
release equivalent amounts of energy, respectively 
(Fig. 2.6). Therefore, the freezing of rain-water or the 
condensation of water vapour on a glacier surface 
can yield large amounts of energy, part of which can

N. POLE

Fig. 2.7 Relationship between 
la titude and receipt o f solar 
radiation. Near the equator, 
where the midday sun is high in 
the sky, solar energy is distrib
uted over a smaller area than 
near the poles. As a result, more 
energy is available fo r heating 
the surface and atmosphere per 
un it area at low latitudes
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Fig. 2.8 Preferential ablation at the margin o f Storbreen, 
Norway, due to  long-wave radiation em itted by warm rock 
surfaces. (Photo: D.l. Benn)

raise the temperature of the surrounding ice and 
increase the likelihood of future ablation.

The energy balance
The energy balance at the surface of a glacier is the 
sum of the individual energy components, and may 
be expressed as

Qm = Qs + Q\ + Qh + Qc (2-1)
where Qm is energy available to melt ice, <2S is net 
short-wave radiation flux, Q] is net long-wave radia
tion flux, <2h is sensible heat transfer, and Qe is latent 
heat transfer.

Several variations of this relationship have been 
published in the literature, in which various compo
nents are combined or subdivided according to the 
source of data or the purpose of the study (e.g. Kuhn, 
1979,1989b;Braithwaite, 1981 ;GruellandOerlemans, 
1986; Hay and Fitzharris, 1988; Munro, 1990). The 
relative importance of each component varies from 
place to place and through time (Paterson, 1994). In 
general, net radiation (short-wave and long-wave) 
provides the most important components, with the 
highest proportions of short-wave radiation being 
associated with clear-sky conditions. In energy bal
ance studies of continental climates, net radiation has 
been calculated to account for approximately 66 per 
cent of ablation energy (Lang, 1968; Braithwaite, 
1981; Braithwaite and Olesen, 1990a). However, in 
more maritime climates this figure is reduced to bet

ween 10 and 50 per cent, because the meteorologi
cal factors associated with warmer and moist air 
masses are more important (Ahlmann and Tho- 
rarinsson, 1938; Gudmundsson and Sigbjarnarsson, 
1972). Short-wave receipts are particularly high on 
low-latitude, high-altitude glaciers, such as in the 
northern and central Andes and the Himalaya, where 
the solar angle is high and the filtering and scatter
ing effect of the lower atmosphere is at a minimum. 
The long-wave share of the radiation budget will be 
highest in humid conditions and adjacent to rock 
surfaces and valley sides. Energy provided by sen
sible heat transfer and the latent heat of condensa
tion and freezing is most important where warm, 
humid air is transferred over glacier surfaces by 
local or regional air circulation. Examples include 
the western seaboard of North America, southern 
Iceland, western Norway, and the Pacific coast of 
Chile, which are strongly influenced by humid 
maritime air streams (Laumann and Reeh, 1993), 
and the glaciers of equatorial Africa (Hastenrath 
and Kruss, 1992). The influence of changing 
weather conditions on the energy balance compo
nents on the Devon Island ice cap, Arctic Canada, 
has been studied by Holmgren (1971) and Alt 
(1978).

In their energy balance model for the Greenland 
ice sheet, van de Wal and Oerlemans (1994) identified 
a pattern of absorbed short-wave radiation which is 
dictated by ice sheet albedo and atmospheric trans
missivity (Fig. 2.9 (Plate 10)). Absorbed short-wave 
radiation reaches a maximum at the ice sheet margin, 
owing to the low albedo there. The minimum 
absorbed short-wave radiation occurs around the 
equilibrium line, but receipts increase again towards 
the centre of the ice sheet, owing to the decreasing 
cloud cover and increasing atmospheric transmiss
ivity over the ice sheet interior. The model indicates 
that energy for ablation is derived from turbulent heat 
flux (40 per cent) and the radiation balance (short
wave and long-wave, 60 per cent). The contribution 
of the radiation balance increases to 85 per cent in 
the cold and cloud-free north-eastern part of the ice 
sheet.

2.2.3.3 DEBRIS COVER AND ABLATION

The presence of debris on snow or glacier ice sur
faces can influence ablation rates in two main ways. 
First, rock surfaces have a lower albedo than snow or 
bare ice, meaning that they will absorb more short
wave radiation and heat up. They will then re-emit 
long-wave radiation, so that the adjacent ice will 
experience greater ablation than it would in the 
absence of a debris cover. Second, debris can protect 
underlying snow or ice from ablation by shielding it 
from incoming radiation or atmospheric heat, thus
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reducing ablation (0strem, 1959; Loomis, 1970; 
Nakawo and Young, 1981, 1982). This will occur if 
the debris cover is thick enough to prevent heat 
from the surface being conducted through to the ice 
during the course of the daily temperature cycle. 
The albedo effect is greatest for thin or patchy 
debris cover, whereas the insulation effect domi
nates for thick, continuous debris, so that debris 
may enhance or reduce ablation depending on the 
quantity and distribution. The cross-over point, 
when ablation is at a maximum, occurs when the 
debris is c. 0.5-1.0 cm thick, and above this point 
ablation rates rapidly fall below those for clean ice 
Fig. 2.10). A debris cover will not only influence 

the net effect of the heat flow to the glacier surface, 
but also produce a lag in the response of the under
lying glacier surface to short-term changes in air 
temperatures. At night, when temperatures fall, heat 
is still stored in the debris cover, so that melting can 
take place at the debris-ice interface even though 
the temperature at the debris-atmosphere interface 
drops below 0°C.

Where the debris cover on glacier tongues is thick 
and continuous, such as in many high mountain envi
ronments, ablation can be negligible. In such cases, 
ablation is effectively confined to slopes too steep to 
'upport superficial debris, such as the walls of open 
:revasses and other holes on the glacier surface, and 
-teep marginal areas (Fig. 2.11). Ablation proceeds 
by the preferential melting and retreat of such slopes, 
in a process known as backwasting (N. Eyles, 1979). 
The rate of backwasting depends on the area of 
exposed ice slopes, so can accelerate when holes on 
a glacier surface enlarge and increase their perimeter 
Kirkbride, 1993; Section 6.5.4).

>

10 15 20 25 
Thickness of moraine layer (cm)

30

rg .  2.10 Effect o f increasing debris cover on ablation as 
— easured on Isfallsglaciaren during July and August 1956. 
'.'axinnum ablation values occur when the debris cover is 
0.5-1 cm thick, at which po in t the effects o f decreased 
= cedc exceed the insulating effect. (Redrawn from  0strem,

Fig. 2.11 Steep bare-ice slopes at the margins o f a debris- 
covered glacier, Lahul Himalaya, India. A blation is neglig i
ble on the easier-angled debris-covered glacier surface, and 
most mass loss occurs by backwasting o f slopes too  steep to  
support a debris cover. (Photo: D.l. Benn)

2.2.3.4 SMALL-SCALE CLIMATE-GLACIER 
INTERACTIONS

Because of its location, morphology and local topo
graphic setting, each glacier will possess specific 
microclimatic characteristics. These will reflect the 
general climate of the region in which the glacier is 
situated and will determine the response by the glac
ier’s mass balance (Meier, 1965). Changing weather 
patterns also directly affect heat budgets on a macro
scale, as demonstrated by Holmgren (1971) and Alt 
(1978) for the Devon Island ice cap in Arctic Canada 
and Brazel et al. (1992) for the West Gulkana Glacier 
in Alaska. Such studies reveal that different synoptic 
conditions, which either vary throughout or dominate 
a whole season, will produce vastly different mass 
balance characteristics for the same glacier over peri
ods of a few years. Examples of heat budgets from 
different glacier-climate settings are presented in 
more detail in Paterson (1994).

Measurements of ice ablation have been used to 
elucidate the relationship between glacier melt rates 
and temperature by Braithwaite (1981) and Braith
waite and Olesen (1985, 1989) for Canadian Arctic 
glaciers and the south-western margins of the 
Greenland ice sheet. Such data have been utilized in 
energy balance models (e.g. Braithwaite and Olesen. 
1990a, b), which demonstrate that a simple relation
ship exists between ice ablation and air temperature 
but complications arise when snow cover, albedo 
effects and wind are being considered. The effects of 
the various temperature and energy sources on the 
ablation of Nordbogletscher and Qamanarssup sermia 
on the Greenland ice sheet are presented in Fig. 2.12. 
The large amount of ablation energy provided by 
short-wave radiation even at 0°C is essentially offset 
by the other sources, of which the sensible heat flux
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Fig. 2.12 Relationships between air temperature, various components o f the local energy balance, and ablation totals fo r 
(a) Nordbogletscher and (b) Qamanarssup sermia, Greenland ice sheet. (M odified from  Braithwaite and Olesen, 1990a)

is seen to be the most sensitive. Thus Braithwaite and 
Olesen conclude that the greatest contributor to abla
tion at the south-west corner of the Greenland ice 
sheet is sensible heat flux, with smaller contributions 
from radiation and latent heat flux.

The energy balance models produced by Braith
waite and Olesen (1990a, b) recognize but do not 
adequately quantify the impact of wind over the glac
ier surface. Glacier ice masses in the landscape have 
large impacts on wind patterns in the atmospheric 
boundary layer. Obviously, the larger the ice mass 
the more profound these impacts are on local, 
regional and hemispheric (Section 1.2.2) scales. The 
surface roughness of an ice body is usually low, and 
consequently turbulence in the boundary layer is 
reduced. This has the effect of reducing sensible and 
latent heat fluxes to the atmosphere. However, high 
ablation rates of 100-150 mm of water per day are 
associated with the high temperatures and speeds of 
fohn winds over the Greenland ice sheet, where an 
energy balance model calculates average ablation at 
<40 mm of water per day (Braithwaite and Olesen, 
1990b).

The presence of glacier ice will also considerably 
affect the wind flow over adjacent land surfaces. 
Cold-air drainage from the ice mass sets up a strong 
katabatic or glacier wind (Mather and Miller, 1967), 
which may reach gale force by the time it reaches the 
margin of a large ice sheet. Such wind flows are 
strengthened by the differences in radiative and ther
mal properties and hence the energy balances of ice 
and tundra, especially during the summer (e.g.

Ohmura, 1982; Duynkerke and van den Broeke. 
1994; van den Broeke et al., 1994).

The examples used above are clearly site-specific 
but can be used as general indicators of climate- 
glacier relationships. Studies of small-scale interac
tions between a single glacier and climate are 
referred to by Marcus et al. (1992) as representative 
stations. They emphasize the importance of filtering 
for spatial and temporal variability and the linkage of 
microscale observations to mesoscale and synoptic 
levels when using such representative stations in 
assessments of general climate-glacier relationships. 
Letreguilly and Reynaud (1989) have demonstrated 
that although different glaciers in a region may 
show different mass balances for a given year, their 
mass balance variation over time, centred around the 
mean, is similar. This confirms that any one glacier 
can be used as a representative station for glacier- 
climate interactions in its surrounding region, and 
provides support for Lliboutry’s (1974) concept of a 
simplified linear model in which it is shown that 
mass balance variations with time at different sites 
are similar.

2.3 MASS BALANCE

2.3.1 Definitions

The mass balance of a glacier is defined as the dif
ference between gains and losses (expressed in terms
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f water equivalent) measured over a specified time 
reriod. usually one year. The net change in glacier 
~m>> between the same date in successive years 
serines the annual mass balance for the calendar or 
m asurement year. However, some glaciologists pre- 

:’er to use the balance year, which is measured 
'cva een two successive annual minima in the mass of 
me glacier. Because of weather variations between 

ears. this varies in length, but provides a better overall
-  rasure of annual changes in mass storage (Paterson, 

-->41. The annual mass balance is the sum of the
::ial accumulation and the annual ablation, 

« 'ich  are the gross amounts of mass gained and lost, 
' - - pectively, over the calendar or balance year. In areas 

m pronounced seasonal variations in snowfall and 
mmperature, it is useful to subdivide annual accumu- 
_::on and ablation into winter and summer totals. 

T-. e specific annual mass balance is the net change in 
-mss on one particular point on a glacier.

2.3.2 Measurement of mass balance

Z 3.2.1 DIRECT MEASUREMENTS

-mnual accumulation is usually measured in pits 
r cavated into the snowpack or from cores. Annual 
r seasonal increments of snow are identified from 

.r  anges in density or grain size, or by a dirt layer 
---presenting a summer ablation or non-accumulation
• _ ласе (Fig. 2.1). The thickness of each layer, divided
- ■ average density of constituent snow, allows the 
mnual change in mass to be determined. Seasonal 
-.-umulation totals can be obtained using the same 
method, except that measurements are made at the 
c'.d of the accumulation season instead of the end of 
me balance year. Annual and seasonal accumulation

::en vary widely across a glacier owing to altitudinal 
iriations in snowfall, the influence of topography on 
md drifting, and other factors. Therefore, in order 

: 1 be representative, measurements of accumulation 
eed to be made at several locations.
Annual ablation measurements are made using 

r.etworks of stakes fixed into the ice. The stakes are 
-et into holes drilled in the ice and are used to measure 
me drop in the ice surface between the beginning and 
me end of the balance year. Detailed measurements 

f  ablation over shorter time periods are made using an 
blatometer, consisting of a freely sliding rod mounted 
n a cross-arm between two poles (Lewkowicz, 

!985: Munro, 1990). Glaciers which lose mass by 
calving necessitate measurements of velocity and 
thickness along a cross-section near the terminus, 
thus facilitating the calculation of total calving over 
the year.

All these methods obtain the net balance at points 
on the glacier surface, and so contour maps need to 
be constructed before the net balance of the whole

glacier can be assessed. Even then, some large errors 
might be introduced if insufficient sampling points 
have been selected or inaccurate thickness and den
sity measurements made. A thorough guide to mass 
balance measurement techniques is available in 
0strem and Brugman (1991), which provides details 
on project design, equipment and analysis of data.

Early attempts to estimate the mass balance of sin
gle glaciers are those of Ahlmann (1935, 1946) and 
Wallen (1948), and a considerable number of new 
studies were initiated during the International Hydro- 
logical Decade (1965-74; e.g. 0strem and Stanley, 
1969; Young, 1981). The World Glacier Monitoring 
Service, organized by the International Association 
of Hydrological Science (IAHS), the United Nations 
Environmental Programme (UNEP) and the United 
Nations Educational, Scientific and Cultural Organi
zation (UNESCO), now provides information on the 
mass balance characteristics of glaciers. However, 
few glaciers have been monitored for more than 30 
years, which is the period of instrumented time pro
posed by the World Meteorological Organization 
(WMO) as being sufficient to make a climatic classi
fication for a region. Two of the most complete mass 
balance records available are those for Storglaciaren 
in Sweden (started in 1946; Schytt, 1962; 0strem et 
a l, 1973) and Storbreen in Norway (started in 1949; 
0strem and Haakensen, 1993), which are often used 
to illustrate yearly fluctuations in mass balance (Fig.
2.13). In North America the longest mass balance 
studies are those undertaken on the South Cascade 
and Blue Glaciers in Washington State, USA, since 
1956 and on Peyto, Place and Sentinel glaciers in 
western Canada since 1965 (Letreguilly and Reynaud, 
1989). In the European Arctic, mass balance mea
surements have been collected for Broggerbreen, 
Lovenbreen and Voringbreen on Svalbard since 
1966/67 (Hagen and Liest0l, 1990; Hagen et al., 
1991; Lefauconnier and Hagen, 1990).

Fig. 2.13 Storbreen, central Norway, where annual mass 
balance meaurements were begun in 1949. (Photo: D.l. 
Benn)
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Representative mass balance measurements are 
difficult to obtain for large ice sheets, owing to their 
sheer size. Modern accumulation patterns on the 
Greenland and Antarctic ice sheets have been mapped 
(e.g. Ohmura and Reeh, 1991; Giovinetto and Bent
ley, 1985), and short-term average values are avail
able. Estimates of the annual average accumulation 
for the Greenland ice sheet range from 100 mm water- 
equivalent in the north-central area, to 1500 mm on 
the south-east coast, reflecting the moisture availa
bility. Estimates of ablation for the Antarctic ice sheet 
are particularly difficult, and, besides the predominant 
loss of mass by calving, must take melting below 
500 m into account as well as the small amounts of 
evaporation and wind-driven snow. Estimating the 
total lost by calving from floating glaciers and ice 
shelves is complicated by the fact that the floating ice 
may either melt or accrete at the base, according to 
local conditions (Section 8.2.3.2). This problem is 
eliminated if the ice sheet boundary is considered to 
be at the grounding line or the point at which nota
tion starts. The mass lost by the ice sheet to a floating 
margin can then be quantified if the ice thickness and 
velocity at the grounding line can be calculated.

The inaccuracy of ablation estimates for the Antarc
tic and Greenland ice sheets is manifest in the various 
mass balance figures that have been produced. These 
are summarized by Paterson (1994), who provides 
ranges of +290 to —2090 Gt for the Antarctic ice 
sheet, suggesting that both growing and shrinking 
scenarios can be entertained on the basis of present 
data (1 Gt = 1016 billion kg). Annual mass balance 
estimates of the Greenland ice sheet from several 
studies have been averaged by Weidick (1985), who 
reports an accumulation total of 500 ± 100 Gt, a 
calving total of 205 ± 60 Gt, and a melt and runoff 
total of 295 ± 100.

2.3.2.2 REMOTE SENSING METHODS

Glacier mass balance can also be determined from 
remote sensing data in the form of aerial photographs 
or satellite images obtained on successive years or 
over longer intervals. Changes in the altitude of the 
glacier surface are measured, the difference providing 
the change in glacier volume, which can be converted 
into mass by estimating the average densities of snow, 
firn and ice on different parts of the glacier. Because 
of the small changes in mass that are involved on 
most glaciers, a very high level of accuracy is required 
in data collection and analysis, and suitable aerial 
photographs and images for the required times are 
generally expensive to obtain. However, such data 
open up the possibility of determining glacier mass 
balance in very remote areas and for the continent- 
м:а1е ice sheets of Greenland and Antarctica 
Williams, 1986; Williams and Hall, 1993). The

problems of determining the mass balance of the 
Greenland and Antarctic ice sheets are immense 
because of their sheer size and because they are still 
responding to climatic events that took place hun
dreds or even thousands of years ago. Zwally et al. 
(1989) and Zwally (1989) used satellite radar altimeter 
data to argue that the Greenland ice sheet thickened 
by up to 20 cm yr 1 between 1978 and 1986, a trend 
that they attributed to increased snowfall carried in 
by warm moisture-bearing winds. However, this con
clusion has been questioned because radar altimeter 
data are subject to large errors, and the suggested 
accumulation rates appear to be unreasonably high 
(Douglas et al., 1990; Oerlemans, 1993). Resolution 
of these difficulties must await data from more accu
rate techniques such as laser altimetry. Aircraft-borne 
laser systems provide extremely accurate ice surface 
data, and are capable of resolving even small-scale 
topographic detail. Satellite laser altimeter data for 
the polar ice sheets should become available around 
the turn of the century, following the launch of the 
Earth Observing System (EOS), providing accurate 
measurements of ice sheet mass balance for the first 
time. Airborne geophysical and ice radar surveys also 
provide accurate information from which to recon
struct combined ice sheet surface profiles and sub
glacial bedrock topography (e.g. Bjomsson, 1981; 
Drewry, 1983; Dowdeswell et al., 1984a, b, 1986).

Satellite images have been particularly useful in 
documenting the loss of glacier mass by calving from 
the larger floating portions of ice bodies in both 
Antarctica (e.g. Jacobs et al., 1986, 1992; Ferrigno 
and Gould, 1987; Williams and Ferrigno, 1988) and 
the Arctic (e.g. Jeffries et al., 1992; Jeffries and Shaw, 
1993). Such methods of quantification of calving are 
inherently more accurate than those involving esti
mates based upon iceberg reports from ships, which 
have largely formed the basis of calving estimates for 
the Antarctic ice sheet (e.g. Orheim, 1985). Excellent 
examples of the use of satellite imagery and aerial 
photographs in the study of glacier fluctuations are 
available in the series of US Geological Survey Pro
fessional Papers 1386A-K, edited by Williams and 
Ferrigno.

2.3.2.3 HYDROLOGICAL METHODS

Glacier mass balance can also be estimated by mea
suring other aspects of the water balance of a 
glaciated catchment, such as precipitation and runoff. 
In general terms, the net balance of a glacier can be 
expressed as

Bn = P -  R -  E (2.2)

where Bn is the net balance, P is precipitation, R is 
runoff and E is evaporation.
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More sophisticated versions of this relationship 
are provided by Collins (1984). To calculate the net 
balance, or the change in storage, the annual precipi
tation, runoff and evaporation must be measured or 
estimated for the whole drainage basin. Such mea
surements have been made for a large number of 
glaciers from each of the world’s major glaciated 
ranges (Collins, 1984; Ribstein et al., 1995), 
although most are for glaciers smaller than 10 km" 
in area, owing to sampling problems in larger catch
ments. This method cannot distinguish changes in 
snow and ice volume from changes in storage of 
liquid water in the glacier system, and so yields 
results which differ from those derived by direct 
measurements of mass balance at the glacier surface. 
Information gained by hydrological methods, how
ever, can provide results more useful for water 
resource prediction and management. Glacier 
hydrology is discussed in detail in Chapter 3.

2.3.2.4 CLIMATIC CALCULATIONS

Estimates of glacier mass balance can also be obtai
ned from meteorological data, using measurements or 
estimates of precipitation, radiation flux, temperature 
and other factors in energy balance calculations, as 
described in Section 2.2.3.2. Calculation of the energy 
balance can provide a powerful method of predic
ting or reconstructing ablation rates, provided the 
various sources of energy can be measured or esti
mated (Muller and Keeler, 1969; Hay and Fitzharris, 
1988; Munro, 1990; Braithwaite and Olesen, 1990a; 
Brazel et al., 1992). Where detailed meteorological 
data are not available, however, it may be more appro
priate to adopt a simpler, statistical approach to esti
mating ablation rates using mean annual temperatures 
or positive degree-days, defined as the sum of the 
mean daily temperature (Г,) for all days in which Г, 
>0°C (Braithwaite, 1985; Braithwaite and Olesen, 
1989; Reeh, 1991; Laumann and Reeh, 1993). For a 
sample of Norwegian glaciers, Laumann and Reeh 
1993) found melt rates of 3.5-5.6 mm H20  per 

positive degree-day (mm К day ) for snow, and 
5.5-7.5 mm K~' day” for ice (the difference is due 
to the higher albedo of snow surfaces, with corre
spondingly less energy available for melting). Melt 
rates per degree-day are higher for more maritime 
locations. This is because higher wind speeds and 
humidity mean more melting at any given tempera
ture because of sensible heat transfer and the latent 
heat of condensation.

Using six years of data on Nordbogletscher in 
Greenland, Braithwaite and Olesen (1989) found a 
very strong correlation between annual ice ablation 
and melting degree-days, and a strong correlation 
between annual ice ablation and mean summer tem
peratures. Similarly, the annual mass balance of the

Barnes ice cap on Baffin Island, Canada, is strong/, 
correlated with mean summer temperature (Hanson.
1987). The Br0ggerbreen net balance data also cor
relate well with estimated net balance figures which 
were calculated using temperature data (melting 
degree-days) from Longyearbyen and Ny Alesund 
(Fig. 2.14; Hagen et al., 1991).

2.3.3 Mass balance gradients
On many glaciers, the amounts of annual ablation 
and accumulation vary systematically with altitude, 
although this simple pattern is often complicated by 
local influences. The rates at which annual ablation 
and accumulation change with altitude are termed 
the ablation gradient and the accumulation gradient, 
respectively. Taken together, they define the mass 
balance gradient. Several examples of mass balance 
gradients for North American glaciers are illustrated 
in Fig. 2.15.

The mass balance gradient links the climatic con
trols on ablation and accumulation with glacier 
behaviour, particularly rates of motion, and is there
fore a very important measure of glacier activity. 
Steep mass balance gradients result from heavy 
snowfall in the upper accumulation area and high 
ablation rates near the snout, and correspond with 
high rates of ice throughput (Andrews, 1970; Kuhn, 
1984). Such high-activity glaciers occur in moist, 
mid-latitude areas such as southern Alaska, western 
Norway, New Zealand and Patagonia. In contrast, 
shallow mass balance gradients indicate small differ
ences in specific mass balance across the altitudinal 
range of a glacier, and are associated with slow-mov- 
ing, low-activity glaciers. Examples of this type are 
the Devon Ice Cap and White Glacier in Arctic 
Canada, and the glaciers around the Dry Valleys, 
Antarctica (Fig. 2.16).

------------ bn observed

_______ bn estimated from summer and autumn temp, and winter precipitation in

Ny-Alesund

bn estimated from summer and autumn temperatures in Longyearbyen 

------------Trend of the observed net balance

Fig. 2.14 Observed and calculated net ba lance (b,) fo r 
Braggerbreen, Svalbard, fo r the period 1967-88. (Modified 
from  Hagen e t al., 1991)
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B a l a n c e ,  in me t er s

Fig. 2.15 Annual mass balance gradients fo r glaciers in 
western North America. The curves show the mean annual 
am ount o f net ablation (negative balance) and accumula
tion  (positive balance) fo r the a ltitud ina l range o f each 
glacier. (From Mayo, 1984. Reproduced by permission o f 
Scandinavian University Press)

2.3.3.1 ABLATION GRADIENTS

In the lower atmosphere, air temperature decreases 
with barometric pressure, because the thermal energy 
in a mass of air is proportional to its density. As a 
result, temperature declines with higher altitude, with 
average lapse rates of about 0.65°C per 100 m, but 
varying between 0.4 and 0.9°C per 100 m depending 
on air-mass characteristics (Barry and Chorley,
1992). Thus, ablation generally varies approximately 
linearly with altitude, being highest at the snout and 
decreasing at higher altitudes (Schytt, 1967). Ablation

gradients are steepest where the air temperature is 
frequently above 0°C near the snout, and falling to 
lower values higher up. This is often the case on mid
latitude glaciers in the summer, but the very steepest 
ablation gradients are found in the tropics, where 
ablation occurs throughout the year (Kaser, 1995). 
Shallow ablation gradients are typical of cold regions, 
where the main control on ablation is short-wave 
radiation, which is only weakly dependent on alti
tude (Kuhn, 1984).

Non-linear ablation gradients can result from 
altitudinal variations in cloudiness and humidity 
(which influence radiation receipts, latent and sen
sible heat transfer, and rates of evaporation and 
sublimation), proximity to rock walls (which influ
ence amounts of available long-wave radiation 
and sensible heat transfer), the amount of shading, 
and glacier aspect (Fig. 2.15; Whittow, 1960; Kruss 
and Hastenrath, 1987, 1990; Oerlemans, 1989). 
The commonest cause of non-linear gradients, 
however, is the presence of debris on the lower 
parts of glaciers. Ablation on debris-covered glacier 
snouts may be negligible, and the highest rates may 
occur in the upper part of the ablation area, where 
debris cover is thin. In this case, ablation will first 
increase, then decrease with altitude (Inoue, 1977; 
Fig. 2.17).

2.3.3.2 ACCUMULATION GRADIENTS

On many cirque and valley glaciers, the amount of 
net annual accumulation generally increases with alti
tude, rising from zero at the equilibrium line (Fig. 
2.15). This is because the passage of moisture-bearing 
winds over mountain barriers causes uplift, cooling 
the air and increasing precipitation, and because the 
overall proportion of precipitation that falls as snow 
increases at cooler, higher altitudes. On some moun
tain ranges, however, the amount of snowfall does not 
increase with height, and may even decrease (see 
Columbia Glacier, Fig. 2.15). This tends to be the case 
in cold high-latitude or high-altitude environments, 
because very cold air masses cannot carry much 
moisture, and are therefore inefficient transporters 
of precipitation. Snowfall can also decrease with 
altitude in certain high mountain environments where 
the upper slopes protrude above the level of the prin
cipal snow-bearing weather systems. For example, 
Whittow (1960) showed that in the Ruwenzori 
Mountains in central Africa, converging moist air 
masses during the June/July wet season tend to 
occur at relatively low altitudes, while dry, clear air 
prevails at the level of the highest summits. Snow 
accumulation totals may also decrease with altitude 
on large ice caps and ice sheets, where horizontal 
distance from moisture sources is an important 
factor. This is particularly striking on the Antarctic
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Fig. 2.16 Mass balance gradients 
fo r  Nigardsbreen, western Nor
way, and Devon Island ice cap and 
W hite Glacier, Arctic Canada. 
Mass balance on Nigardsbreen 
exhibits large changes w ith  a lti
tude and the glacier is said to 
have a steep mass balance gradi
ent. The Arctic glaciers show only 
small mass balance variation w ith  
altitude, and have shallow mass 
balance gradients. Note tha t 
steep mass balance gradients are 
represented by easier-angled lines 
on the diagram. (Data from  Kuhn, 
1984)

ice sheet, where many low-lying coastal areas have 
higher precipitation than the high continental interior 
(Section 1.2.2).

The shape of accumulation gradients can also be 
strongly influenced by topography. In particular, 
the redistribution of snowfall by avalanching from 
steep slopes, and wind scouring from exposed 
areas, can result in accumulation patterns that dif
fer markedly from original climatically controlled 
distributions. This is strikingly demonstrated in 
high mountain environments such as the Himalaya, 
where many glaciers gain most mass in huge 
avalanche cones located close to the equilibrium 
line (Fig. 2.18).

2.3.3.3 THE BALANCE RATIO

Because they are controlled by different climatic 
variables, the accumulation and ablation gradients 
on any one glacier generally have different values, 
with the ablation gradient somewhat steeper than 
the accumulation gradient. Therefore, most mass 
balance curves show an inflection at the equilibrium 
line altitude (Fig. '2.15). The ratio between the two 
gradients is known as the balance ratio, defined 
as:

BR = b„Jb„ (2.3)

Water equivalent (m)

Ftg. 2.17 Schematic mass balance gradient fo r the Khumbu 
3 acier, Nepal Himalaya, showing the effect o f debris cover 
эл the г с a: on gradient. (Redrawn from  Inoue, 1977)

where ЬпЪ and bnc are the mass balance gradients in 
the ablation area and accumulation area, respectively 
(Furbish and Andrews, 1984).

The balance ratio ignores any non-linearity that 
may exist in the respective mass balance gradients 
Sections 2.3.3.1 and 2.3.3.2), but it remains a useful
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Fig. 2.18 A snow avalanche on Taboche, Khumbu Himal, 
Nepal. Avalanches such as this provide an im portan t input 
o f accumulation on h igh-altitude glaciers, and strongly 
influence the form  o f the mass balance gradient. (Photo: 
L.A. Owen)

Area (km2)
0.1 0.2 0.3—i____i------1

Water equivalent (m)

Fig. 2.19 Steady-state mass balance gradient fo r  South 
Cascade Glacier fo r  the years 1957/58-1963/64 (dashed 

ne), and its representation as linear ablation and accumula- 
: on gradients (solid lines). (Redrawn from  Meier and Tang-
M ' r  1965)

generalization that summarizes the overall mass 
balance curve of a glacier. For a sample of 22 glaci
ers in Alaska, Furbish and Andrews (1984) found that 
balance ratios average about 1.8, indicating that the 
vertical change in mass balance is 1.8 times as large 
in the glacier ablation areas as it is in their accumu
lation areas. The value of 1.8 is slightly lower than 
that of 2.2 measured for the well-known South 
Cascade Glacier, Washington State (Fig. 2.19; Meier 
and Tangborn, 1965; Furbish and Andrews, 1984). 
and an overall value of 2 may be representative of 
maritime mid-latitude glaciers in general. In contrast, 
the balance ratios of tropical glaciers are much higher 
because of year-round intense melting in their abla
tion zones and very poor dependence of accumula
tion with altitude. Analysis of data presented b\ 
Francou et al. (1995) for the Zongo Glacier, Bolivia, 
indicates a balance ratio of about 25 (Fig. 2.20).

Glaciers with high balance ratios have small abla
tion areas compared with the area of the glacier, 
because only a small area of ablating ice is requirec

Area (km2)
0 1 2 3 4 5
_______ 1 I_I____l____I___ I

Water equivalent (m)

Fig. 2.20 Mass balance gradient fo r the Zongo G lac; 
Cordillera Real, Bolivia, fo r  tw o  successive years. Dash;-: 
lines represent in terpolated values. During 1992/93 t'- t 
glacier as a whole was approximately in balance, whereas * 
1991/92 it was negative. The marked inflection in the maa 
balance gradient at the equilibrium  line altitude is typica : • 
tropical glaciers where ablation occurs th roughou t the ye; 
(Redrawn from  Francou etal., 1995)



balance inputs from snowfall higher up on the 
_ _::er. In contrast, glaciers with lower balance ratios 
;juire larger ablation areas to balance inputs, 

al though the ablation area will still generally be less 
“an half of the whole area of the glacier. Hence,
- rx a l glaciers tend to have smaller ablation areas 
nan mid-latitude glaciers with similar geometry, and 
teir equilibrium line altitudes will be correspond- 
nglv closer to the snout.

2.3.4 The equilibrium line

:  3.4.1 CLIMATIC SIGNIFICANCE

В rcause the equilibrium line is the place where 
_r.nual accumulation totals exactly balance ablation 
a tals, the equilibrium line altitude (ELA) is very 
. >>ely connected with local climate, particularly 

. -ipitation and air temperatures. The ELA is sensi- 
' г to perturbations in either of these two variables, 

J  rises in response to decreasing snowfall and/or 
-.creasing frequency of positive air temperatures, 
_r J vice versa. Perhaps the best illustration of 
bacier-climate interactions is the relationship
• r tween the net balance and the equilibrium line alti- 
_ie. When the annual mass balance of the glacier as 

. vhole is negative, the ELA rises, and when the bal- 
_r.ce is positive, the ELA falls. The ELA value asso
r t e d  with zero annual mass balance is known as the
- ;eady-state ELA, because the glacier mass and geom- 
rtry are in equilibrium with climate. Variations in the 
altitude of the equilibrium line on a particular glacier, 
r.erefore, can be used as an indicator of climatic

fluctuations (Kuhn, 1981). For example, 20 years of 
mass balance calculations (1967-88) have been used 
by Hagen et al. (1991) to illustrate the impact of cli
mate on the equilibrium line altitude (Fig. 2.21). 
They used linear regression analysis on the mass 
balance figures and equilibrium line altitudes for 
Br0ggerbreen and Lovenbreen, Svalbard, over the 
period 1967-88, which yield ELAs for zero net bal
ance of 246 m and 284 m for the respective glaciers. 
Changes in the mass balance and ELA of the glaciers 
can result from changes in the number of positive 
degree-days or variations in effective precipitation. 
Variations in ELA with net balance have also been 
measured for Storbreen in Norway (Liest0l, 1967), 
Storglaciaren in Sweden (Schytt, 1981), Peyto Glac
ier in Canada (Young, 1981), and other sites.

Fluctuations in the ELA therefore provide an 
important indicator of glacier response to climate 
change, and allow reconstructions of former climates 
and the prediction of future glacier behaviour. 
Although the ELA is determined by local weather 
conditions, it is a good indicator of regional climate, 
because glacier mass balance fluctuations are often 
strongly correlated over distances of c. 500 km 
(Letreguilly and Reynaud, 1989). However, the area 
over which glacier ELAs accurately reflect climate 
will vary according to the steepness of climatic gra
dients, and will be smallest in the vicinity of major 
topographic barriers to airflow.

It is useful to specify the climate at the ELA as 
some unique combination of precipitation and tem
perature. Figure 2.22 shows the relationship between 
mean summer temperatures and the mass lost at the

(a)

Specific net balance (bn)(m water eq.)

<-r—
- 1.0

mean 1967-88

-  100

----- r~
-0.5 0 0.5

Specific net balance (bn)(m water ec.
1.0

Fig. 2.21 The relationship between the equilibrium  line a ltitude and net annual mass balance fo r (a) Broggerbreen and (b) 
Lovenbreen, Svalbard, fo r  the period 1967-88. (M odified from  Hagen e ta /., 1991)
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Fig. 2.22 Mean summer temperatures and am ount of 
w ater lost at the equilibrium  line a ltitude fo r selected glac
iers, and showing curves presented by Ahlmann (1948), 
Chizov (1964), and Krenke and Khodakov (1966). (M odified 
from  Loewe, 1971)

ELA. The positive correlation between these two 
variables for a wide range of glaciers reflects the fact 
that higher levels of mass turnover at the ELA 
require higher ablation (and hence summer tempera
tures) to balance the annual specific mass budget. 
Thus, if the temperature at a glacier ELA is known, 
the winter precipitation can be estimated. This rela
tionship also explains the regional rise in glacier 
ELAs with distance from moisture sources in many 
parts of the world, including western Norway, the 
Andes and the Himalaya. In areas of lower precipita
tion, the temperatures required to melt the annual 
accumulation at the ELA need not be so high as in 
areas of high precipitation. Thus ELAs will tend to 
be at higher altitudes, where the temperatures are 
lower. Recently, Ohmura et al. (1992) have correlated 
mean summer air temperature at the ELA with total 
annual precipitation for 70 mid- and high-latitude 
glaciers (Fig. 2.23). Annual precipitation was used 
rather than annual turnover at the ELA because the 
former is more readily available for many areas of 
the world. The predictive power of this relationship 
was further improved by also considering the amount 

f incoming short-wave and net long-wave radiation 
:he ELA. Glaciers with higher radiation receipts

Mean summer temperature in 
free atmosphere at ELA

Fig. 2.23 Annual to ta l precip itation and the free-atmos- 
pheric tem perature observed at the equilibrium  line a lti
tudes fo r 70 glaciers. The dotted lines indicate the best-fit 
curves fo r summer radiation o f 240 and 210 W  rr f2 on the 
glaciers. (Redrawn from  Ohmura etal., 1992)

(i.e. those at lower latitudes or facing towards the 
equator) will experience greater amounts of ablation 
relative to air temperature than those with low 
receipts, and therefore require larger precipitation 
totals to balance the annual mass budget. Ohmura et 
al. (1992) did not consider tropical glaciers, although 
a broadly similar sort of relationship should be 
expected.

2.3.4.2 DETERMINING THE EQUILIBRIUM LINE 
ALTITUDE

The most rigorous method for determining glacier 
ELAs is by measurement of glacier mass balance. 
This allows identification of the annual ELA and. 
when conducted over several years, the steady-state 
ELA for equilibrium conditions of zero mass balance 
(Fig. 2.21; Section 2.3.4.1). However, this approach 
is very costly and time-consuming, and accurate 
long-term measurements are available for only a 
small proportion of the world’s glaciers. Fortunately.
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ther methods are available for identifying or esti
mating glacier ELAs. The ELA for any given year 
.an be identified by observing the distribution of 
~now and ice on the glacier surface at the time of year 
•vhen glacier mass is at a minimum. This information 
:an be obtained by field survey or from aerial pho- 
•-Ographs, observations made during low-level flights 

ver the area, or satellite images (LaChapelle, 1962; 
Meier and Post, 1962; 0strem, 1975a). On temperate 
glaciers, the ELA coincides with the transient snow 
:ne, defined as the lower limit of snow on the glacier
- -rface at the end of the ablation season, and is iden- 
mable in the field and on air photographs and satel- 
te images as the boundary between white snow

-: ver and the off-white glacier ice or firn (Fig. 2.24 
Plate 11); 0strem, 1973, 1975a; Dowdeswell and 

Drewry, 1989; Kulkarni, 1992). It is also possible to 
/entity signs that indicate the longer-term health of 

me glacier. For example, Paterson (1994) lists the
■ 1 lowing situations:

. a low snow line possessing a sharp boundary with 
bare ice indicates a positive net balance;

2. a similar boundary but at a high altitude indicates 
that a period of accumulation has interrupted a 
long period of negative balance;

3. a snow line separated from bare ice by an area of 
old firn indicates a more negative balance than the 
preceding few years.

-b a tin g  the equilibrium line on glaciers in polar 
regions is more difficult, because it is usually at a 

■ver elevation than the snow line, at the lower limit 
: :he superimposed ice zone (Section 2.2.1). Super- 
mposed ice represents accumulation, but can be dif- 

-.cult to distinguish from old glacier ice on air 
photographs and satellite images.

Air surveys are particularly useful in remote 
mgions, and for giving an impression of the mass 
'-lance status of several glaciers in a region. The 
m>ults are most reliable when checked against direct 
measurements of glacier mass balance for one or 
~. -re examples in the same area.

2.3.4.3 RECONSTRUCTING FORMER 
EQUILIBRIUM LINE ALTITUDES

- variety of methods have been devised to estimate 
me steady-state ELAs of vanished glaciers, to provide 
_ means of reconstructing former climates in glaci- 
_:ed regions. The most rigorous of these methods are 
-_'ed on the three-dimensional form of the glacier 
-_rfaee. combined with assumed mass balance- 
_l:;tude relationships. For these methods, a contour 
map of the former glacier is required, based on geo- 
“  rphological evidence such as lateral and terminal 
m mines and periglacial trimlines (Section 12.6.1.2).

Contours of the former glacier surface are drawn 
joining points of equal altitude at the glacier margins 
and trending at right angles to any indicators of ice 
flow direction, such as striae, drumlins and fluted 
moraines. This exercise is most straightforward for 
former valley glaciers, where the gradients of the 
glacier margins are readily established, and where 
contours are likely to be convex downvalley near the 
snout and concave in the upper part. The steady-state 
ELA can then be estimated by the accumulation area 
ratio method, which is based on the assumption that 
the accumulation area of the glacier (i.e. the area 
above the ELA) occupies some fixed proportion of 
the total glacier area (Meier and Post, 1962; Porter, 
1975b; Torsnes etal., 1993). If the accumulation area 
ratio (AAR) is assumed to be 0.6, for example, the 
ELA is set as the altitude of the surface contour that 
lies below 0.6 (60 per cent) of the total area (Fig. 
2.25). The method is implicitly based on the likely 
shape of the former mass balance curve, particularly 
the balance ratio (Section 2.3.3.3). For a rectangular, 
slab-shaped glacier, the balance ratio (bnb/bnc) equals 
1/AAR, so for an AAR of 0.6, BR = 1/0.6 = 1.67. For 
modern mid- and high-latitude glaciers, steady-state 
AARs generally lie in the range 0.5-0.8 (Meier and 
Post, 1962; Hawkins, 1985), with typical values lying

Fig. 2.25 Contoured map and hypsometric curve fo r a val
ley glacier. These data can be used in conjunction w ith  a" 
assumed value o f the accumulation area ratio (AAF to  
derive an estimate o f the form er steady-state eq - cr - — 
line altitude. For example, when the AAR is set a: 0.6 the 
hypsometric curve is used to  read o ff the a ltit-o e  :~a: es 
below 60 per cent o f the  form er glacier area V odT ied 
from  Furbish and Andrews, 1984)
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in the range 0.55-0.65 (Porter, 1975b). Glaciers with 
debris-covered snouts will have rather lower AARs 
(<0.4), owing to the effect of debris on lowering abla
tion and increasing the relative size of the ablation 
area (Muller, 1980; Kulkarni, 1992). ELAs have been 
estimated by calculating the area-weighted mean alti
tude or median elevation of glaciers (MEG: Manley, 
1959; Sissons, 1974c, 1977a; Sissons and Sutherland, 
1976; Meierding, 1982). Sutherland (1984b) found 
that, for a sample of modern Norwegian glaciers, this 
method consistently overestimated ELAs, suggesting 
that an AAR of around 0.6 would be more realistic for 
glaciers on the eastern seaboard of the North Atlantic. 
The MEG method is probably best suited to regular
shaped glaciers whose area and altitude distributions 
do not have a wide range of variation (Meier and Post, 
1962; Porter, 1981b; Nesje, 1992).

One shortcoming of the AAR and MEG methods 
is that they take little account of variations in glacier 
shape, particularly the distribution of glacier area 
over its altitudinal range, or hypsometry. Accumula
tion area ratios on modern glaciers are influenced by 
glacier hypsometry so that, for example, a glacier 
with a wide accumulation area and a narrow snout 
will have a different AAR as compared with one with 
a narrow accumulation basin and a broad snout, even 
if the ELAs are the same (Furbish and Andrews, 
1984). Therefore, former glacier ELAs based on a 
uniform assumed AAR value may be subject to sig
nificant errors if there is a wide range of glacier types 
and shapes in the area under consideration. To over
come this difficulty, Furbish and Andrews (1984) 
developed the balance ratio method, which takes 
account of both glacier hypsometry and the shape of 
the mass balance curve. The method is based on the

fact that, for equilibrium conditions, the total annual 
accumulation above the ELA must exactly balance 
the total annual ablation below the ELA. This can be 
expressed in terms of the areas above and below the 
ELA multiplied by the average accumulation and 
ablation, respectively:

= \ a c '(2.4)

where 3b is the average net annual ablation in the 
ablation area, dcis the average net annual accumula
tion in the accumulation area, Ab is the area of the 
ablation area, and Ac is the area of the accumulation 
area.

If the ablation and accumulation gradients are 
assumed to be linear, db and dc are equal to the abla
tion and accumulation at the area-weighted mean 
altitudes of the ablation area (zb) and the accumula
tion area (zc), respectively. By convention, 4  and zc are 
measured positively from the ELA, and are shown as 
the heights associated with И Ab and Vi Ac on Fig. 
2.26. For equilibrium conditions, the altitudes of zb 
and zc are determined by the balance ratio, according 
to the relationship:

b J K c  = zcA J zbAb (2.5)
The steady-state ELA is then defined as the altitude 
that satisfies equation (2.5) for the balance ratio rep
resentative of the area under study (Section 2.3.3.3). 
The ELA can be found by drawing the hypsometric 
curve for the glacier, choosing trial values of the 
ELA and measuring off values of zc, zb, Ab and Ac. 
and testing whether bnb/bn!. is equal to the desired 
value. The trial ELA can then be raised or lowered 
until equation (2.5) is satisfied. Alternatively, the 
procedure can be fully computerized, making appli-

HYPSOMETRIC CURVE MASS BALANCE

Fig. 2.26 Graphical repre
sentation o f the components 
o f the balance ratio method 
o f calculating glacier equili
brium line altitudes (ELAs); 'A 
A b and 'A Ac denote the mid
area values o f the ablation 
area and accumulation area, 
respectively, and zb and zc are 
the associated altitudes, 
measured relative to  the ELA. 
A t these altitudes, the net 
ablation (db) and net accu
mulation (9C) are taken to  be 
equal to  the mean values for 
the ablation and accumula
tion  areas. (M odified from 
Furbish and Andrews, 1984)Area (A)
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cation of the balance ratio method very quick and 
easy (Benn and Gemmell, 1997). The influence of 
hypsometry on glacier response to changes in the 
ELA is discussed in Section 2.3.6.

Other methods of approximating the steady-state 
ELA of former valley glaciers have been reviewed by 
Meierding (1982), Nesje (1992) and Torsnes et al.
■ 1993), and include mapping the maximum elevation 
'f lateral moraines (MELM), and setting the ELA at 

>ome fixed ratio between the toe of the glacier and 
;he top of the valley headwall (toe-to-headwall alti
tude ratio or THAR). The maximum altitude o f lateral 
moraines provides a rough guide to the former ELA 
because the flow of the glacier from its accumulation 
zone to its ablation zone results in the net transfer of 
iebris out of the accumulation zone along the centre 
l ine of the glacier and then out towards the margin of 
me ablation zone, and lateral moraines are deposited 
nly below the ELA (Andrews, 1975). The corollary 
s that the uppermost altitude of an abandoned lateral 

moraine marks the palaeo-ELA. A problem arises 
".ere when glacier retreat is slow, and continuous pro- 
ision of debris results in the incremental deposition 
f lateral moraines in an upslope direction. However, 

elacier thinning will eventually result in inset 
moraines (Fig. 2.27). A further problem is that lateral 
moraines can degrade rapidly on deglaciation and 
disappear from steep slopes, thus giving a spuriously 
>w ELA. However, the moraine method may be the 

'est approach in areas where former glaciers were 
cebris-covered, and the shape of the mass balance 
gradient is poorly known.

The THAR method is very crude, as it takes no 
_ecount of glacier hypsometry or climatic consid
erations, although it provides a quick method of

:  g. 2.27 The principle o f calculating the depression of 
ibrium line a ltitude on a glacier based on the maxi-

— _m elevation o f lateral moraines (MELM). A previous
- -ten t (A) is compared w ith  the modern extent (B) o f an ide- 
; zed glacier. Recessional moraines document ice recession. 
' ; ; " ,e d  lines are contours and arrows indicate direction o f 
' : ines and glacier velocity. (M odified from  Nesje, 1992)

estimating former ELAs in remote regions where 
topographic maps are unavailable or unreliable. 
THARs of 0.35-0.4 have been used by Meierding 
(1982).

2.3.5 Annual mass balance cycles
The amount of snow and ice stored in glaciers 
undergoes systematic changes throughout the year, 
following cycles of gain and loss depending on the 
seasonal distribution of accumulation and ablation. 
Several types of cycle are possible depending on the 
climatic regime, especially the timing of warm and 
cold seasons, maximum precipitation, and variations 
in the proportion of precipitation falling as snow 
(Ageta and -Higuchi, 1984; Kaser, 1995). Three 
types of cycle are discussed here: (a) winter accu
mulation type, with a well-defined winter accumula
tion season and summer ablation season; (b) 
summer accumulation type, with maxima in accu
mulation and ablation occurring simultaneously dur
ing the summer months; and (c) year-round ablation 
type, with one or two accumulation maxima coin
ciding with wet seasons.

2.3.5.1 WINTER ACCUMULATION TYPE

The winter accumulation type is the most familiar 
form of glacier mass balance cycle, and is character
istic of mid- and high-latitude glaciers such as those 
in the European Alps, Scandinavia, North America 
and New Zealand (Pytte and 0strem, 1965; Meier 
and Tangborn, 1965). In these areas, there are pro
nounced seasonal variations in temperature, resulting 
in distinct winter accumulation and summer ablation 
seasons (Fig. 2.28a). Accumulation occurs mainly 
during the winter, when most precipitation falls as 
snow, and ablation is at a minimum. As a result, the 
mass of the glacier as a whole increases during the 
winter, and is at a maximum in the spring, just prior 
to the onset of the ablation season. During the sum
mer months (June to September in the northern hemi
sphere), melting predominates over accumulation, 
particularly on the lower part of the glacier. Much of 
the precipitation may fall as rain, although significant 
snowfalls may still occur at higher altitudes. The 
mass of the glacier is at a minimum at the end of the 
ablation season, just prior to the first snows of win
ter. It should be noted, however, that on some low- 
altitude glacier snouts, such as those in southern 
Iceland, ablation may also occur in the winter during 
the passage of warm fronts.

2.3.5.2 SUMMER ACCUMULATION TYPE

In the summer accumulation type of mass balance 
cycle, maxima in accumulation and ablation occur

а в
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(a)

(b)

(c)

---------------------------------------------------- Ab

Fig. 2.28 Annual mass balance cycles fo r  glaciers o f (a) w in 
te r accumulation type, (b) summer accumulation type, and 
(c) year-round ablation type. Ac: accumulation; Ab: abla
tion ; B: balance. (M odified from  Ageta and Higuchi, 1984)

more or less simultaneously during the summer (Fig. 
2.28b; Ageta and Higuchi, 1984; Kaser, 1995). Glac
iers of this type occur in high-altitude areas with a 
pronounced summer precipitation maximum and a 
cold, dry winter, such as the monsoon-dominated 
parts of the Himalayan chain in India and Nepal, and 
the high Andes of Peru and Bolivia (Yasunari and 
Inoue, 1978; Higuchi et al., 1982; Ageta and Higuchi, 
1984; Francou et al., 1995; Kaser, 1995). In these 
areas, there is little precipitation in winter, and sum
mer precipitation falls mainly as snow on the upper 
parts of the glaciers. Ablation is also at a maximum 
during the summer, when temperatures are highest. 
As a result, when ablation and accumulation totals 
are comparable, the total mass of the glacier under
goes little or no change throughout the year, unlike 
the large cyclic changes typical of winter accumu- 
a'.ion type glaciers. Summer accumulation type 

;l_.:ers are, however, sensitively dependent on wet-

WINTER SUMMER

Ac

В

Ab

Ac 

■ В 

Ab

season precipitation totals, and the annual net balance 
may vary widely from one year to the next (Kaser et 
al., 1990; Francou et al., 1995).

2.3.5.3 YEAR-ROUND ABLATION TYPE

The year-round ablation type of cycle is character
ized by ablation throughout the year on the lower 
parts of glaciers, and is typical of the inner tropics, 
where seasonal variations in temperature are much 
less than diurnal variations (Ageta and Higuchi, 1984; 
Kaser, 1995). Cyclic variation in the amount of 
ablation can occur, however, as a result of seasonal 
changes in cloudiness, affecting radiation balance 
(Whittow, 1960). Accumulation can occur through
out the year on the upper parts of this type of glacier, 
although distinct peaks may occur coincident with 
one or two wet seasons (Fig. 2.28c). Double wet- 
season peaks affect the high-altitude glaciers in the 
Ruwenzori Mountains and Mount Kenya, east-central 
Africa, where snowfall is highest during the north
ward and southward passage of the Inter-Tropical 
Convergence Zone in March-June and September- 
December, respectively (Whittow, 1960; Whittow et 
al., 1963; Hastenrath, 1984). One precipitation peak 
may be larger than the other, although inter-annual 
variability can be high. Single accumulation peaks 
occur on the glaciers of Mount Jaya (New Guinea), 
Mount Kilimanjaro (East Africa), and on Ecuadorian 
volcanic peaks (Hope et al., 1976; Hastenrath, 1981. 
1984). Again, precipitation totals can vary substan
tially from year to year.

2.3.6 Long-term variations in mass 
balance
Annual accumulation and ablation rarely exactly bal
ance, leading to net gains or losses in mass over the 
year. Such gains and losses may average out over a 
number of years, in which case there is no long-term 
change in glacier mass. However, if net negative or 
positive mass balances are sustained for several years, 
the glacier will undergo significant changes in mass, 
resulting in retreat/advance or thinning/thickening 
Advance or retreat of the glacier snout in response to 
mass balance changes will be delayed by a varying 
amount depending on the rate of mass throughput, 
glacier geometry and other factors. This characteristic 
lag is known as the response time (Section 7.2.1).

The mass budget or health of a glacier is mea
sured by the net balance, which is the difference 
between two consecutive annual mass balance min
ima. On all types of glacier, this will usually fall jus: 
before the onset of the main accumulation season 
Positive net balances (net gains in mass) result fron 
increases in accumulation and/or reductions in abla
tion, and lead to expansion of the accumulator
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zone and lowering of the ELA. Conversely, negative 
net balances result from an excess of ablation over 
accumulation, reducing the size of the accumulation 
area and raising the ELA. In extreme cases, net 
ablation may occur over the entire surface so that 
.he whole of the glacier lies below the ELA. This 
'ituation has occurred on numerous occasions in 
recent years on Lewis Glacier, Mount Kenya, lead- 
:ng to very rapid retreat (Hastenrath, 1984, 1989; 
Hastenrath and Kruss, 1992). Long-term trends in 
glacier mass balance are measured by the cumulative 
net balance, or the running total of annual net bal
ance (Fig. 2.29).

The amount of mass gained or lost by a glacier in 
response to a given change in the ELA depends on 
:he hypsometry of the glacier. For example, if a glac- 
er has a large proportion of its area close to the ELA, 

a raising or lowering of the ELA will produce large 
changes in mass. Conversely, if a small proportion of
- glacier’s area is near the ELA, the same raising or 

•vering would have comparatively little effect. 
Thus, glaciers with large areas of snow and ice near 
re ELA will exhibit the largest responses to climate 
. range (Fig. 2.30).

Numerous studies have examined the relationship 
-etween changes in glacier mass and climatic inputs, 
r r example, Chen and Funk (1990) correlated mass 
-ranges of the Rhonegletscher, Switzerland, with 
. :matic records for the period 1882-1987, and 
■". ;>wed that most of the mass loss of the glacier is 
-rrributable to temperature increases, particularly 
•_r.ee the 1940s. These increases form part of a 
-.neral warming trend since the end of the Little Ice 

;e in the early nineteenth century. Chen and Funk 
1 ^O ) suggest that, as a general rule, summer tem

peratures are more important than precipitation in 
r -eming mass changes of mountain glaciers in 
■_mid maritime areas. However, Nesje (1989) has
■ wn that changes in both temperature and precipi- 
_::on correlate with recent fluctuations of outlets of 

'■.edalsbreen, a maritime ice cap in south-central

Norway. In the New Zealand Alps, retreat of the 
Stocking Glacier has been positively correlated with 
monthly temperatures (including a 2-year lag) by 
Salinger et al. (1983), whereas the fluctuations of the 
Franz Josef Glacier were correlated with precipitation

(b)
Water equivalent (cm) 

-250 -200 -150 -100 -50 0 50 100 150 200 250

Year

Fig. 2.29 (a) Cumulative net mass balance o f South Cascade 
Glacier, USA, fo r 1959-90. The graph shows tha t between 
1976 and 1990 the glacier lost c. 13 m o f w ater equivalent, 
averaged over the whole glacier surface. This mass loss was 
accompanied by dramatic retreat o f the glacier margin. 
(From McCabe and Fountain, 1995. Reproduced by permis
sion o f the University o f Colorado) (b) Mass balance fo r Stor
breen, Norway (from 0strem and Haakensen, 1993). The 
five-year running mean is indicated by the solid line. The five 
year running mean fo r Nigardsbreen is also indicated (by the 
dashed line). The to ta l mass lost from  Storbreen fo ra  41-year 
period (1949-89) is 10.5 m water equivalent. The average 
net balance fo r Nigardsbreen is approximately 0.6 m higher 
than tha t fo r  Storbreen. (Redrawn from  a figure provided by 
Richard Williams, USGS)
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Fig. 2.30 Effects o f glacier 
hypsometry on glacier 
response to  a given change 
in the equilibrium  line a lti
tude (ELA). Glacier A has a 
relatively small area close 
to  the ELA, whereas glacier 
В has a large area near the 
ELA. A fa ll in ELA from 
position 1 to  position 2 w ill 
have a larger effect on the 
mass balance o f glacier В 
than glacier A

by Hessell (1983) and Brazier et al. (1992). The fact 
that these two glaciers lie on different sides of the 
main divide may provide some explanation for the 
inconsistency: the high precipitation values on the 
west side of the divide, where the Franz Josef Glac
ier is located, are probably large enough to overprint 
other climatological variables. A similar situation 
was reported by Pelto (1989) and Letreguilly (1988) 
for glaciers in the Coast Ranges of western North 
America, where accumulation season precipitation is 
the dominant control of mass balance. Letreguilly 
also reported that the mass balance of Peyto Glacier, 
located inland in the Rocky Mountains, is controlled 
by summer temperature. Problems in isolating a sin
gle variable responsible for glacier fluctuations in 
New Zealand have been overcome by using energy 
balance models (e.g. Owens et al., 1984; Marcus et 
al., 1985; Hay and Fitzharris, 1988; Sections 2.2.3.2 
and 2.3.2.4).

McCabe and Fountain (1995) demonstrated that 
negative cumulative mass balance of the South

Cascade Glacier, Washington, USA, reflects reduced 
winter snowfall associated with large-scale shifts in 
atmospheric circulation over the North Pacific Ocean 
and northern North America. They showed that, 
since the 1970s, greater persistence of the Aleutian 
Low over the north-west Pacific and the associated 
occurrence of a high-pressure system over western 
Canada have led to frequent dry north or north-east- 
erly airflow over the glacier, leading to anomalously 
low snowfall. Links between large-scale atmospheric 
and oceanic circulation and glacier net balance have 
also been identified by Thompson et al. (1984) and 
Francou et al. (1995), who showed that years of low 
mass balance on Peruvian and Bolivian glaciers coin
cide with the occurrence of El Nino, a periodic east
ward flow of warm surface waters in the eastern 
Pacific Ocean associated with large-scale air pressure 
oscillations (Fig. 2.31). Factors other than tempera
ture and precipitation may also affect net balance. 
Hastenrath and Kruss (1992) argued that most of the 
recent negative cumulative balance of Lewis Glacier.
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Fig. 2.31 The correlation 
between accumulation on 
the Quelccaya ice cap, 
Peru, and El Nino years, (a) 
Southern Oscillation Index, 
showing large-scale pres
sure differences across the 
Pacific Ocean. Negative 
values are associated w ith  
El Nino years, (b) Sea sur
face tem perature (SST) 
anomalies o ff Peru. Tem
peratures are higher than 
normal during El Nino 
years, (c) Accumulation on 
Quelccaya ice cap. Lower 
than normal accumulation 
occurs during El Nino 
years. (From Thompson et 
al., 1984. Reproduced by 
permission o f Science)

'• _nt Kenya, is attributable to the effect of air
• - :dity changes on the surface energy balance.

г г vanished glaciers, where climatic records are 
. lilable, other methods need to be employed to 
■ estigate the controls on glacier net balance. 
■ -r.ges in glacier mass can be reconstructed from 

raine sequences, and these changes interpreted
- ■ reference to palaeoclimatic data or theoretical 

cels. Benn et al. (1992) used a combination of
_. morphological evidence and pollen stratigraphy 

. rgue that Late-glacial icefields and valley glaciers 
г : r.e Isle of Skye, Scotland, underwent a two-stage

■ -":ni of deglaciation driven by different controls.
■ argued that initial glacier retreat resulted from 

. auction in precipitation towards the end of the 
Y _nger Dryas Stade (с. 11,000-10,000 radiocarbon 

. b p ), whereas final deglaciation was caused by 
rapid temperature increases associated with

■ rJiward migration of the North Atlantic Oceanic
_r Front at the beginning of the Holocene (cf.

- -idiman and McIntyre, 1981; Atkinson etal., 1987).
■ 4 uth America, glacier advances around the margins 

i-.e Bolivian Altiplano during the Late Pleistocene
■_ e been correlated with substantial rises in lake 
. r .s. strongly suggesting that glacier fluctuations in 

~egion are closely linked to precipitation changes

(Hastenrath and Kutzbach, 1985; Clapperton et al., 
1996a). Then, as now, glacier ELAs were lowest in 
the north-east of the region, indicating that temporal 
increases in precipitation were probably associated 
with the westward penetration of moist air masses 
from the Amazon basin.

The links between climate and glacier mass 
changes have also been investigated by using mathe
matical models to find the climatic combinations 
required to ‘grow’ or ‘melt’ glaciers of a known size 
in a specified time frame. The most detailed models 
calculate accumulation and ablation totals by consid
ering changes in all contributions to glacier input and 
energy balance through time (e.g. Gruell and Oerle- 
mans, 1986; Kuhn, 1989b; Braithwaite and Olesen, 
1990b). However, this is very time-consuming, and 
many models integrate the climatic controls into two 
or more easily calculated parameters such as annual 
effective precipitation, mean temperature during the 
ablation season, or ablation-altitude relationships 
(e.g. Budd and Smith, 1981; Reeh, 1991; Laumann 
and Reeh, 1993). Glacier-climate models have been 
developed for many areas and time periods, ranging 
from Last Glacial icefields in the Scottish Highlands 
and Patagonia (Payne and Sugden, 1990; Hulton et 
al., 1994) to twentieth century glacier recession in
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Irian Jaya, Indonesia (Allison and Kruss, 1977). While 
such modelling exercises usefully identify possible 
causes of glacier fluctuations, the results contain a 
large degree of in-built uncertainty because the 
models cannot resolve the unique combination of 
past climatic conditions, and are also dependent on 
the accuracy of the laws used to calculate glacier 
flow rates (Section 4.3).

More rarely, positive mass balances can result 
from non-climatic causes, such as landsliding on to 
the glacier surface. In such situations the ablation 
rate may be reduced by the landslide debris cover, 
and therefore the mass balance will be positive for a 
short, climatically unrelated period (Post, 1967; 
Gardner and Hewitt, 1990; Kirkbride and Sugden, 
1992; Fig. 2.17). Non-climatic changes in mass bal
ance can also result from topographically controlled 
changes in calving rates of water-terminating glaci
ers, as described in Section 8.2.

2.4 PAST CLIMATES: THE ICE 
CORE RECORD

2.4.1 Ice cores
Palaeoclimatic records can be obtained from ice 
cores drilled out from glaciers, which contain an 
annual record of snowfall and other material which is 
deposited at the ice surface. In the upper layers of 
cores, annual accumulation layers often stand out 
clearly as alternate bands of clear and bubbly ice 
which can be dated by counting down from the sur
face, like tree rings. For deeper, older parts of cores, 
however, individual layers may not be apparent, and 
dating is achieved by indirect means (Bradley, 1985). 
Short cores can be drilled by hand (Fig. 2.32), but 
longer cores require mechanical drilling equipment. 
The longest ice core records are from the interiors of 
the polar ice sheets, and have yielded immensely 
valuable data on environmental change in both polar 
regions. For example, the Vostok core from Antarc
tica extends back about 160,000 years and the GRIP 
and GISP cores from Greenland span almost 100,000 
years, providing continuous high-resolution records 
spanning the whole of the last glacial cycle (Lorius et 
al., 1990; Jouzel et al., 1993; Grootes et al., 1993; 
McManus et al., 1994). Shorter, but no less valuable, 
records have also been obtained from ice caps and 
valley glaciers at lower latitudes, including the 
Dunde ice cap in Tibet and the Quelccaya ice cap in 
Peru (Thompson et al., 1986, 1989, 1990; Thomp
son, 1995).

Glacier ice consists mainly of water, although it 
also contains impurities such as air bubbles, dissolved 
; ?ns and solid particles. Analyses of these impurities,

Fig. 2.32 Ice coring by hand. (Photo: N. Spedding)

as well as the molecular composition of the ice itself, 
have become very important techniques over the past 
two decades, revealing detailed pictures of ice mass 
evolution and past and present climatic change. 
Excellent reviews of ice core analysis are available in 
Bradley (1985) and Paterson (1994).

2.4.2 Oxygen and hydrogen isotopes

2.4.2.1 ISOTOPIC COMPOSITION OF ICE

In common with most other elements, the atoms of 
oxygen and hydrogen that make up pure glacier ice 
can occur as different isotopes. Isotopes are alterna
tive forms of an element that result from variations in 
atomic mass, or the combined number of protons and 
neutrons in each atomic nucleus. For atoms of each 
element the number of protons is constant, so varia
tions in mass (and therefore, different isotopes i 
always result from variations in the number of neu
trons in the atom. Oxygen atoms always have eight 
protons, but may have eight, nine or ten neutrons, 
yielding three isotopes with atomic masses of 16, 17 
and 18 respectively (160 , ' О and lsO). Hydrogen
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'ms always have one proton, but may have no or one 
'eutron, resulting in two isotopes, H and ~H ("H is 
->o known as deuterium, D). Water molecules may 
-.erefore consist of any one of nine possible combi-

■ r.ions of these five isotopes, ranging from molecules 
:'Ji three light isotopes ('H2KiO) to those with three 
eavy isotopes CD O). However, only three of these

_ mbinations are common: H2 O, HD O, and 
-ID 'O (Hubbard and Sharp, 1989). In nature, the 

■i’alive abundance of oxygen isotopes is 99.76 per 
:ent O, 0.04 per cent l70  and 0.2 per cent ‘hO; for
■ Jrogen the figures are 99.984 per cent H and 

16 per cent D. The isotopic composition of glac-
rr ice is known to vary systematically with several

-  tors, the most important of which are the compo- 
: on of the precipitation from which the ice was 
rmed. and the history of melting and refreezing 
thin the ice. Isotope analyses can therefore yield 
portant insights into past climatic conditions and

r .idal processes.

Z.4.2.2 ISOTOPES AND PALAEOCLIMATE

The isotopic composition of the precipitation falling 
n a glacier depends on its history of evaporation and 

. ndensation as part of the hydrological cycle. During 
e jporation, water molecules composed of light iso- 

res turn to vapour more easily than those com- 
?• ^ed of heavy isotopes, a process known as 

:rionation. The resulting vapour is relatively 
: .oleted in deuterium and О compared with the ini- 

water. In equilibrium conditions,g atmospheric 
-ter vapour contains 1 per cent less О and 10 per 

;ent less deuterium than average ocean water. Con- 
rrsely, when water vapour condenses, molecules

- ntaining heavy isotopes tend to pass from the 
.rour to the liquid state more readily than ‘light’

-  .ecules, resulting in precipitation that is enriched
- heavy isotopes compared with the remaining 
_r ^ur. which will be depleted in heavy isotopes 
I dnsgaard, 1961). As condensation proceeds, more

:he remaining heavy isotopes will be removed, and 
■j vapour will become increasingly depleted in О 

ir.-d deuterium. Therefore, progressive cooling of
- -ter vapour (e.g. as moist air passes from a warm 
•. .-an on to a cold land mass) will result in precipita- 

_ ". with increasingly lighter isotopic composition,
the parent vapour becomes more and more 

. .Tiered in heavy isotopes. Thus the isotopic compo- 
n of precipitation reflects the temperature at 

hich condensation occurs. Although many other 
_.:. >rs influence the isotopic composition of precip- 
_t:on (Bradley, 1985), the effect of temperature is 

jrkably predictable (Fig. 2.33). This means that 
: : sotopic composition of glacier ice can be used to 

.. n struct the temperature of the original precipita- 
r.. successive annual ice accumulation layers

о
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Fig. 2.33 Relationship between Э180  and mean annual air 
temperatures, based on values in firn  10-12 m below the 
surface o f the Greenland and Antarctic ice sheets. Note tha t 
colder temperatures equate w ith  more negative Э180  val
ues. (Data from  Dansgaard eta/., 1973)

yielding a continuous record of temperatures for the 
lifetime of a glacier or ice sheet.

The isotopic composition of the ice from succes
sive levels is determined by melting the ice in the 
laboratory and analysing it with a mass spectrometer. 
Variations in the proportions of О and О are 
expressed as Э О (delta O) values^which measure 
the difference between the observed О/ О ratio and 
that in a standard water sample, known as Standard 
Mean Ocean Water (SMOW). Similarly, different pro
portions of H and TI (D) are expressed as 3D values, 
compared with the same standard. Low Э О and r)D 
values correspond to low palaeotemperatures. Usu
ally, palaeoclimatic studies concentrate on Э О val
ues, as in Fig. 2.34, which shows the oxygen isotope 
record obtained from the GRIP ice core from Green
land, spanning the last glacial/interglacial cycle 
(Dansgaard et al., 1982). The diagram clearly shows 
the onset of full glacial conditions at c. 120,000 years 
b p , several warmer interludes (interstadials) that punc
tuated the last glaciation, and the rapid termination of 
glacial conditions at c. 10,000 years b p . Isotope varia
tions thus provide a priceless record of the severity, 
timing and pace of global climatic changes (e.g. Bond 
et al., 1993;Jouzel et al., 1993).

2.4.3 Ancient atmospheres: the gas 
content of glacier ice
During the transformation of snow into ice below the 
surface of a glacier, air bubbles become isolated and 
trapped. These bubbles represent ‘fossil air‘. preserv
ing samples of the atmosphere from the time the ice 
was formed. Analysis of the composition of such 
bubbles in ice cores thus provides a means of tracing 
changes in atmospheric chemistry over many thou-
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Fig. 2.34 The oxygen isotope record from  the GRIP 
ice core, Greenland. (Redrawn from  Dansgaard et 
al., 1982)

sands of years. Measurements are made by placing a 
thin slice of a core in a vacuum chamber, cracking 
the ice and analysing the escaped gases by chro
matographic or spectrometric methods. Particular 
attention has been paid in recent years to the record 
of variations in ‘greenhouse gases’ such as carbon 
dioxide (C 02) and methane (CH4), because of their 
regulating effects on global temperature. Figure 2.35 
shows variations in C 02 and CH4 and palaeotemper- 
atures derived from Э О values for the last glacial- 
interglacial cycle, obtained from a core drilled at 
Vostok, Antarctica (Lorius et al., 1990; Jouzel et al.,
1993). Oscillations in the greenhouse gas concentra
tions mirror the climatic fluctuations to a remarkable 
degree, peak concentrations occurring during warm 
periods, and low concentrations marking cold

episodes. The parallelism between climate change 
and greenhouse gas concentrations is thought to 
reflect feedback mechanisms between glacial, 
oceanic, atmospheric and biological systems, whereby 
small climate changes initiate changes in the produc
tion and sequestering of trace gases by oceanic and 
terrestrial plants, which then forces further climatic 
changes. The ice core record thus provides an 
extremely important insight into the patterns and 
mechanisms of climatic change.

2.4.4 Other evidence
Impurities contained within glacier ice also provide 
records of former environmental conditions. Wind
blown dust and soluble ions can yield data on the
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~g. 2.35 Atmospheric concentrations o f the greenhouse 
:=ses carbon dioxide (C02) and methane (CH4), and recon
n e c te d  atmospheric tem perature relative to  present fo r 
“ e Vostok ice core, Antarctica. The shaded areas represent 
•~e uncertainty in the gas concentrations. (From Jouzel ef 

1993. Reproduced by permission o f Macmillan Maga- 
r "es Ltd)

-:rength and direction of atmospheric circulation 
r.g. Thompson et al., 1990), and tephra horizons 

-". i  peaks in acidity record the deposition of aerosols 
'  ected into the atmosphere by volcanic eruptions
e.g. Hammer 1977, Hammer et al., 1980). Figure 

1.36 shows the mean acidity of annual layers from a d  

5 Ю to a d  1972 in the ice core from Crete, central 
Greenland. Acidity peaks reflect the production of 
-Iphur dioxide by major eruptions, and its transfor

a tio n  to sulphuric acid aerosols in the atmosphere, 
'•lost of the acidity peaks can be matched with his- 

ncal eruptions, including Tambora and Krakatoa in 
.e East Indies. Particularly prominent is the peak 

-"Ociated with the 1783 Laki fissure eruption, Ice- 
-nd. which caused the death of 90 per cent of the
• estock on the island and brought widespread 

-mine (Francis, 1993).
Ice cores worldwide contain radioactive fallout

■ m atmospheric nuclear bomb tests in the 1950s 
-". a early 1960s and the Chernobyl reactor accident 
" 1986. Apart from acting as a reminder of the 

л of detonating nuclear weapons, such fallout 
:-;vides useful stratigraphic marker horizons (e.g.

Crozaz et al., 1966; Koemer and Taniguchi, 1976). 
For example, the mass balance of the glacier complex 
Kongsvegen/Sveabreen on Spitsbergen has been 
reconstructed by Lefauconnier et al. (1994) using 
radioactive fallout from Russian nuclear tests in 
1961/62 and the Chernobyl accident.

2.5 ICE TEMPERATURE

Glaciers are not uniformly cold; their temperatures 
vary in space and time. Many glaciers have temper
atures at or close to 0°C, whereas parts of the 
Antarctic ice sheet are as cold as —40°C. This tem
perature variation has profound implications for 
glacier behaviour. In particular, a fundamental dis
tinction exists between ice that is at the melting 
point and colder ice. Efficient glacier motion can 
occur only where the ice is at or close to the melt
ing point, and the processes of subglacial erosion, 
transport and deposition are all sensitively depen
dent upon temperature. Consequently, it is very 
important to consider how and why temperature 
varies in glacier ice.

2.5.1 The melting point of ice
The temperature at which ice melts is not constant at 
0°C, but decreases as the ice is placed under increas
ing pressure at a rate of 0.072°C per million pascals 
(MPa; 1 pascal = 1 newton per square metre). For 
example, the pressure at the base of a glacier 2000 m 
thick is c. 17.6 MPa, enough to lower the melting 
point to — 1,27°C. Consequently, the melting point of 
ice is referred to as the pressure melting point. This 
is actually a slight misnomer, as the melting point of 
ice is also influenced by the presence of impurities 
such as solutes. The freezing point of seawater 
depends on its salinity, but is typically around — 2°C 
at atmospheric pressure. Because the melting point 
of ice is such an important physical threshold, it is 
usual to consider ice temperature relative to the local 
pressure melting point. The importance of pressure 
melting in regulating glacier motion is examined in 
Sections 4.5.2 and 4.5.3.

2.5.2 Controls on ice temperature
The temperature of the snow that falls on a glacier 
surface provides a convenient starting point for j r.- 
sidering ice temperature. Following deposit: r :r 
form of snow, the initial temperature of glac:er - 
modified by three main controls: (a) hea: e\_ . 
with the atmosphere; (b) the geothem:^ r.-_: 
and (c) frictional heat generated bv flc Su£ier. 
John, 1976).
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Fig. 2.36 Mean acidity o f annua 
layers from  a d  1500 to  a d  1972 in the 
ice core from  Crete, central Green
land. (From Hammer e ta /., 1980)

Heat may be exchanged with the atmosphere by 
conduction (i.e. the direct effect of air temperature 
and radiation), the advection of heat in percolating 
meltwater, and the transfer of latent heat by freezing 
of water (Section 2.2.3.2). The release of latent heat 
by the refreezing of meltwater is a particularly 
important process in glacier accumulation areas in 
temperate regions, and serves to raise ice tempera
tures from the cold values typical of winter snow up 
to or close to the pressure melting point. Where the 
air temperature is lower than that of the surface ice, 
heat may be lost to the atmosphere, thus cooling the 
ice. Therefore, in areas where there is pronounced 
seasonal air temperature variation, the surface firn of 
a glacier will experience marked annual changes in 
temperature, with the firn becoming colder in winter 
as a cold wave penetrates down from the surface, and 
approaching the pressure melting point in summer 
owing to latent heat release during the refreezing of 
meltwater (Sverdrup, 1935; Paterson, 1994). This 
temperature fluctuation does not affect the deeper 
ice, which remains at a constant temperature at or 
close to the pressure melting point throughout the 
year. In cold regions, such as the interior of Antarc

tica, the temperature of ice close to the surface i' 
close to the mean annual air temperature.

The geothermal heat flux is the upward transfer 
of heat resulting from the decay of radioactive iso
topes within the Earth. Values of the heat flux are 
dependent on the tectonic setting; rates lower thar.
0.04 \V m (watts per square metre) are typical for 
continental shield areas which have old, thick crust, 
and rates in excess of 0.09 W m may be recorded 
in recent volcanic terrains. Considerably higher hea: 
fluxes occur above active volcanoes, and subglacial 
eruptions can melt extremely large volumes of glac
ier ice. Obviously, glaciers can continue to exist onh 
in areas where such eruptions are infrequent!

The geothermal heat flux raises the temperature o: 
basal ice, especially where ice is thick and heat is 
produced faster than it can be conducted towards the 
surface. Once the ice has been raised to the pressure 
melting point, excess heat is used to melt ice. The 
global average rate of 0.0599 W m “ is enough t 
melt a 6 mm thickness of ice at its pressure melting 
point each year (Paterson, 1994).

Frictional heat is derived from differential move
ment (shear) within the glacier, sliding at the base
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and the flow of water. In general, heat from this 
'Ource is significant only close to the glacier bed, 
.. here most of the movement occurs. Sliding rates of 
20 m yr can generate as much heat as the average 
geothermal heat flux, whereas for fast-sliding outlet 
glaciers, heat production can be over 100 times as 
large (Paterson, 1981; Drewry, 1986). The processes 
: f shear and glacier motion are discussed in detail in 
Chapter 4.

2.5.3 Temperature profiles
The actual temperature of a portion of glacier ice 
depends on the balance of heat from all these sources. 
As noted in Section 2.5.2, the temperature of surface
■ m in glacier accumulation areas is strongly influ- 
.-nced by annual air temperature fluctuations and 
'ear-surface processes such as water percolation and 
re freezing, whereas at slightly greater depths, ice 
:;mperatures tend to be similar to mean annual air 
emperatures. At greater depths, ice temperatures are
■ -ed by deep processes, including ice deformation, 
_>al sliding and the geothermal heat flux, so that 
_ iperature profiles typically show an increase with 
-.nth (Fig. 2.37). Thus, even in cold regions where
- Tace ice is at temperatures well below 0°C, the

■ -^al ice may be at the pressure melting point. The
-lively high temperatures below thick ice and in

■ -ces where frictional heat is generated by flow 
ran that melting temperatures are more likely at the

of rapidly flowing ice streams that occupy 
-rock depressions than below thinner, more slowly 

:ng ice to either side. Melting temperatures 
■. w ice streams promote rapid ice motion and sub- 
r -_:al erosion (Sections 4.5, 5.3 and 5.6), serving to 

_ rtain the ice stream as a rapidly moving, deeply 
. 'ed feature, so that a self-reinforcing relationship 

between ice thickness, velocity, temperature
- ■ - landscape evolution.

Ice temperatures are also influenced by the ther-
- and deformation history of the ice over long 

a .'cales. At any one site, ice at progressively 
.-.-■.er depths will have originated as snow further 
. ~ _ further upglacier prior to its transport to the 
« . by glacier flow. Since the deepest, furthest-

. .lied ice will have formed at the highest eleva- 
m it should also have the lowest temperatures, 
v  -".at the temperature profile should exhibit a 
iir.-ease with depth. Such negative temperature 
г t its have indeed been observed in many shal- 
hm - reholes in Greenland and Antarctica (Robin, 

55 Paterson, 1994). Climate change also plays 
. . in determining ice temperature profiles, and 

---p ice cores it is possible to distinguish cold 
к : ..nosited as snow during the last glacial cycle 
r  relatively warm ice formed during the pre- 
v  terglacial period (Dahl-Jenssen and Johnsen,

Temperature (°C)

Fig. 2.37 Selected tem perature profiles from  the Green
land and Antarctic ice sheets. (M odified from  Paterson, 
1994)

1986). A recent comprehensive review of the con
trols on ice temperature has been provided by 
Paterson (1994).

2.5.4 Thermal classification of glacier ice
The temperature of ice exerts a very important con
trol on a wide variety of glacial processes, including 
glacier motion, meltwater flow and subglacial erosion 
and deposition. In particular, effective sliding and 
erosion are critically dependent on the basal ice 
being at the pressure melting point (Sections 4.5.4 
and 5.3.5). For this reason an important distinction is 
made between temperate ice, which is at the pressure 
melting point, and cold ice, which is below the 
pressure melting point. This classification has been 
extended to glaciers as a whole, and three classes of 
glacier have been defined: (a) temperate glaciers. 
which are everywhere at the melting point except for 
a surface layer a few metres thick which is subject to 
seasonal temperature cycles; (b) polar glaciers. 
which are below the melting point throughout and 
are frozen to their beds; and (c) subpolar glacier. 
which are temperate in their inner regions but ha\ e 
cold-based margins.

However, it is now recognized that thi' cla>'in- 
cation is highly simplistic, and that the :r:-~„I 
conditions of individual glaciers may vary b *h 'p j- 
tially and temporally (Boulton, 1972a: S.. _ . >- : 
Denton and Hughes, 1981b). Glacier bed' ~ a \ ft rm
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temperature mosaics, consisting of predominantly 
melting ice with a few cold patches, or predomi
nantly cold ice with thawed patches, as well as 
entirely cold or temperate beds (Robin, 1976; Pater
son, 1994). Furthermore, zones of frozen and melting 
basal conditions may migrate through time. For these

reasons, whole glaciers should not be placed in a sin
gle category, and thermal classification should prop
erly be applied to local conditions. In this book we 
use the terms temperate or wet-based ice to refer to 
ice at the pressure melting point, and cold or cold- 
based ice for frozen ice.
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3.1 INTRODUCTION
Surface ablation and basal melting of glacier ice can 
produce large volumes of meltwater (Sections 2.2.3 
and 2.5.2). Flowing water in glacial environments 
exerts an important influence on glacier behaviour 
and geomorphological processes, and presents both 
benefits and hazards for human populations. In glac- 
ierized regions with low summer rainfall, glacier 
melt is an important source of water during the grow
ing season, allowing cultivation of valleys that would 
otherwise be too arid for agriculture. Conversely, the 
sudden release of stored water in catastrophic floods 
constitutes a serious and recurrent threat in regions 
such as the high Andes, Himalaya and Iceland. 
Recently, glacial meltwater has been exploited as a 
source of hydroelectric power, particularly in Scan
dinavia and the European Alps, and the successful 
building and running of such schemes demands a 
clear understanding of the principles of water flow 
and sediment transport. This can be illustrated by 
attempts to tap into the subglacial drainage of the 
Glacier d’Argentiere in the Mont Blanc Massif by 
the French-Swiss hydroelectric Emosson Project. 
After the subglacial intake was put in place, the water 
disappeared on several occasions during the 1960s 
and 1970s, often for several weeks at a time. In April 
1976 it disappeared, apparently permanently, from 
its original course, and was not found again for 
almost three years, a shift that had expensive conse
quences for the power company (Hantz and Lli- 
boutry, 1983).

The rate of motion of glaciers and ice sheets is sen
sitively dependent on the pressure and distribution of 
water at the bed, and some mechanisms of flow, such 
as basal sliding, are virtually impossible in the 
absence of liquid water. Water also contributes sub
stantially to glacial erosion, debris transport and 
deposition, both as a direct agent and in conjunction 
with ice. In this chapter we examine the flow of 
glacial meltwater, its transport over, through, below 
and beyond glaciers, and the processes of glacifluvial 
erosion and transport. The influence of water on glac
ier motion is examined in Chapter 4, and the sedi
ments and landforms produced by flowing water are 
described in Chapters 9, 10 and 11.

3.2 WATER SOURCES, FLOW AND 
STORAGE

3.2.1 Sources of water
Water may enter glacial drainage systems from melt
ing ice. snow melt, rainfall, dew, runoff from ice-free 
'lopes, and the release of stored water (Fig. 3.1). Sur

face melting of ice and snow exhibits pronounced 
daily, annual and random variations according to the 
local energy balance (Section 2.2.3), causing marked 
fluctuations in the runoff from glacierized catch
ments. Rates of surface melting increase with air 
temperature, radiation flux and rainfall (which car
ries heat from the atmosphere). Rainfall is particu
larly effective in melting snow, leading to greater 
rates of runoff than would occur from similar 
amounts of precipitation on a snow-free catchment. 
Water from surface melting and the atmosphere can 
enter glaciers and melt ice from the walls of englacia'. 
and subglacial passageways through the dissipatior 
of sensible heat and mechanical energy. Englacia! 
and subglacial melting can also occur as a result of 
frictional heat generated by deforming or sliding ice. 
geothermal heat, and pressure melting associated 
with glacier flow around bumps (Section 4.5.21. 
Overall, the amount of melting at glacier beds tend' 
to be more constant through time than melting at the 
surface, and contributes little to variations in runof: 
from glacierized catchments.

Fig. 3.1 W ater sources and pathways in glacierized cat: 
ments
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The buildup and release of stored water exerts a 
ery strong influence on runoff in glacierized areas, 

-.nd can cause very high-magnitude flood events. 
Water can be stored in subglacial, supraglacial, 
englacial or proglacial lakes, as described in Section 
3.2.4.

3.2.2 The permeability of ice
The drainage of water over and through a glacier 
-effects the permeability of the ice at two scales: pri
mary permeability, or the permeability of intact ice 
.nd snow, and secondary permeability, related to the 

distribution of tunnels and other passageways. In this 
-ense, glacier drainage is analogous to water flow 
through limestone karst terrain, which can take place 
through pore spaces in the rock or tunnels and fis- 
'iires (Sugden and John, 1976). Primary permeability 
tiay be high for snow and firn in which air spaces 
‘etween ice crystals are linked, but tends to be very 
nv for ice, where bubbles are isolated from one 

_nother. For ice at the pressure melting point, how-
- ver, water can flow through a system of intercon
nected thin lenses and veins between ice crystals, 
particularly where pressure gradients are high (Nye
nd Frank, 1973; Raymond and Harrison, 1975; 

Hantz and Lliboutry, 1983; Nye, 1989; Mader, 
992). Intact ice below the pressure melting point is 
''.permeable. The bulk of the water draining through 

_ glacier relates to the secondary permeability, and
■ ilows a system of conduits ranging in diameter 
■etween millimetres and several metres (Nye, 1976;
-  iboutry, 1983; Pohjola, 1994). Englacial conduits 
_re maintained by melting of their walls, and tend to 
*e a characteristic of ice at or close to the pressure 
-lelting point. Parts of glaciers where the ice is below 
'ie  pressure melting point, therefore, tend not to have 
;nglacial conduit systems, and so surface water will 
end to drain supraglacially. However, crevasses can 
renetrate cold surface ice and take meltwater down

lower levels, where ice may be at the pressure 
telting point (Holmlund, 1988a; Seaberg et al.,

1988).

3.2.3 Water flow  in glaciers: basic 
theory

3.2.3.1 HYDRAULIC POTENTIAL

The flow of water is governed by variations in 
draulic potential, a measure of the available 

mergy at a particular time and place. For surface
- .reams, including those flowing at the surface of a 
_t acier, the potential depends only on elevation, and

ater will always flow directly downslope. For water 
: w ing within or at the base of a glacier, however, 

e situation is more complex because the hydraulic

potential depends on both elevation and water pres
sure. The idea of hydraulic potential is central to an 
understanding of water flow within glaciers, so it is 
worth examining in some detail. The following dis
cussion is a simplified version of that presented by 
Shreve (1972) and Paterson (1994).

The hydraulic potential 0 in an englacial or sub
glacial conduit can be expressed by the simple 
relation

0 = 0o + 0C + Pw (3.1)

where 0O is a constant depending on the shape and 
size of the conduit, 0e is the potential due to eleva
tion, and Pw is the water pressure.

The elevation potential 0e is simply the product of 
the weight of the water and its elevation:

0c = Pw gz (3.2)
where pw is the density of water (1000 kg m~3), g is 
gravitational acceleration (9.81 m s '  ), and z is the 
elevation.

In natural conditions within and below a glacier, 
the water pressure Pw can vary between atmospheric 
pressure (the pressure of the open air) and cryostatic 
pressure (the pressure exerted by the weight of the 
overlying ice). The cryostatic pressure is the product 
of the weight and the thickness of the ice:

p, = Pi g(H-z)  (3.3)
where P, is the ice pressure, pj is the density of ice (c. 
900 kg m ‘), g is gravitational acceleration, H  is the 
altitude of the ice surface, and z is the elevation of the 
point in question.

The water pressure will be atmospheric if the con
duit is open to the air and not completely filled with 
water; in this case the potential depends only on ele
vation, as for surface streams. If Pw equals the cryo
static pressure, the water is able to support the whole 
of the weight of the ice, and can lift the glacier off its 
bed. This can happen on a local scale where ice pres
sures are lower than average (such as the downglac- 
ier sides of obstacles), or on a large scale, forming 
subglacial lakes (Section 3.2.4.1). The difference 
between water pressure and ice pressure is known as 
the effective pressure, N, which is written

N = P ; - P V -T-

The effective pressure therefore depends on the 
magnitude of Pw relative to Pr When P is zer . 
effective pressure is the same as the total ice 
sure, and N  is at a maximum; when P _ = ; 
effective pressure is zero and the ice > '_r?> 
entirely by the pressurized water. The effect , 
sure is an extremely important concert _ 
a profound influence on the character - -- - r :
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englacial drainage, glacier motion (Chapter 4) and 
processes of subglacial erosion and deposition 
(Chapter 5).

3.2.3.2 PRESSURE AND SIZE OF CONDUITS

For water-filled englacial or subglacial conduits 
under steady-state conditions, the water pressure is 
controlled by the balance between two processes. 
First, water flow produces frictional heat, which 
melts some of the surrounding ice, tending to 
enlarge the passage. Second, the ice forming the 
passage deforms in response to the pressure gradient 
between the ice and the passage (the effective pres
sure); this effect tends to contract the passage 
(Shreve, 1972; Rothlisberger, 1972). For equilib
rium conditions, the water pressure will therefore 
equal the ice pressure plus or minus a pressure 
change due to decreases or increases in the size of 
the passage:

P,  = P, + Pm (3.5)
where Pm is the pressure change due to melting or 
contraction of the walls of the passage. Negative Pm 
reflects a pressure drop due to efficient melting. Melt 
rates increase (and, therefore, water pressures 
decrease) with increasing passage radius, because 
large channels carry more water and dissipate more 
heat relative to the area of their walls. Additionally, 
melt rates are high for downward-sloping passages 
and are low or negative (i.e. freezing occurs at the 
walls) for upward-sloping passages, owing to 
changes in elevation potential and the pressure melt
ing point of ice (Rothlisberger, 1972; Shreve, 1972; 
Lliboutry, 1983). Conversely, ice deformation rates 
increase with increasing effective pressure: large 
pressure differences between the ice and an englacial 
passage will lead to rapid rates of closure. Two 
important implications follow from the balance 
between wall melting and passage closure by ice 
deformation:

1. Melting and deformation processes allow pas
sages to expand or contract in response to 
increases or decreases in water pressure. If water 
pressures increase, the effective pressure falls, 
reducing tunnel closure rates. Therefore, passages 
can become larger through more effective melting. 
Conversely, if water pressures fall, the increased 
pressure gradient between the ice and the water 
accelerates passage closure until a new equilib
rium is reached. Passages can adjust by melting in 
a matter of hours, whereas contraction due to ice 
deformation may take days or even weeks.

2. Because melt rates increase with passage radius, 
there is an inverse relationship between water 
rressure and passage radius, and the largest pas

sages will have the lowest water pressures. There
fore, water will flow towards larger channels fol
lowing the gradient in pressure, causing them to 
grow at the expense of smaller ones. As a result, 
water-filled englacial passages will form a branch
ing network, with large numbers of small tribu
taries converging on a few large conduits (Fig. 
3.2). This statement applies to some, but not all, 
subglacial drainage systems, for reasons 
explained in Section 3.4.

3.2.3.3 DIRECTION OF FLOW

The direction of flow in a branching englacial and 
subglacial drainage network is controlled by varia
tions in hydraulic potential. Water will flow from 
regions of high hydraulic potential towards regions 
of low potential, following the steepest hydraulic 
gradient. In other words, water will flow from high 
elevations to low elevations, and from places where 
water pressure is high to places where it is low (Fig.
3.2). The precise direction of flow depends on the 
balance between the elevation and pressure compo
nents of the total potential, and their respective rates 
of change. If we combine equations (3.1), (3.2), (3.3 
and (3.5), the potential in a water-filled steady-state 
passage will be given by

0 = 0o+ Pw gz + Pi g(H-z)  + Pm (3.61

where 0O depends on the size and shape of the pas
sage, pw gz is the gravitational potential due to eleva
tion, p,g(H—z) represents the pressure exerted by the 
weight of the overlying ice, and Pm is the pressure 
change associated with passage enlargement or con
traction. Equation (3.6) shows that the hydraulic 
potential varies with (a) the elevation of the overly
ing glacier surface, (b) the elevation of the conduit, 
and (c) conduit radius (through its influence on Pm). 
If we ignore for the moment the influence of passage

Surface channel

Fig. 3.2 The relationship between equipotentia l surface: 
(broken lines) and englacial and subglacial drainage. Sma 
englacial channels are oriented at righ t angles to  th f  
equipotentia l surfaces, but the location o f the moulin : 
controlled by a crevasse. (From Paterson, 1994. Reproduce: 
by permission o f Pergamon)
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size, the rate of change in hydraulic potential, or 
hydraulic gradient, is given by:

grad 0 = p;g {grad H +

[(Pw  “  PiVPwJ g r a d  z}

= P jg[grad# + (0.1 gradz)] (3.7)

where grad 0 is the gradient in hydraulic potential, 
grad H  is the ice surface gradient, and grad г is the 
gradient of the englacial passage.

The factor 0.1 reflects the relative densities of ice 
and water. The full derivation of equation (3.6) can 
be followed in Shreve (1972) and Paterson (1981). 
Equation (3.7) shows that the potential gradient 
depends on the ice surface slope and, to a much 
lesser extent, the slope of the water-filled passage. 
Planes connecting points where the potential is the 
same, or equipotential surfaces, will therefore rise 
downglacier, with a gradient approximately 10 times 
that of the ice surface. If water can drain freely 
through the glacier, it will flow through the ice fol
lowing the steepest potential gradient, which lies at 
right angles to the equipotential surfaces (Fig. 3.2). 
Once at the bed, water will flow towards the snout at 
right angles to the equipotential contours, which are 
defined by the intersections of the equipotential sur
faces with the bed.

3.2.3.4 NON-STEADY-STATE CONDITIONS

The formula for water pressure given as equation 
3.5) is founded on the assumption that the internal 

plumbing of glaciers is in a steady, equilibrium 
'tate. This assumption is reasonable when water dis
charges do not undergo rapid fluctuations, and the 
'_vstem has time to adjust to new conditions. 
Although this may be the case where basal melting 
is the most important source of meltwater, the 
-ssumption of steady-state conditions will certainly 
not hold if large amounts of the water originate at 
:he surface. Rates of surface meltwater production 
-ndergo rapid daily variations during the summer 
ablation season. Therefore, discharges and water 
pressures in conduits fed from the surface will tend 
: > be out of equilibrium with the pressure in the sur
rounding ice. High water pressures will occur dur
ing periods of rapidly rising discharge, when water 
racks up the system faster than conduits can enlarge 
by melting (Seaberg et al., 1988). Conversely, low 
•vater pressures will prevail during rapidly falling 
ii'charge, when water leaves the system faster than 
. nduits can contract by ice deformation. During 
reriods of rapidly fluctuating discharge, therefore, 
rtgh discharges will be associated with high water 
pressures, which is the opposite of the inverse rela- 
:: :nship between discharge and pressure predicted

for steady-state conduit systems (Rothlisberger. 
1972; Sharp et al., 1989b).

Lliboutry (1983) and Hooke (1984) have pointed 
out that, because conduits can enlarge fairly rapidly 
by melting but close much more slowly by ice defor
mation, the most common condition in systems fed 
from the surface may be one of low water pressure. 
Indeed, water pressures may be at or close to atmos
pheric pressure much of the time during the ablation 
season, particularly below thin ice (<200 m) where 
tunnel closure rates are slow. In such cases, the water 
pressure component of the hydraulic potential 
becomes zero or very small, and potential is primar
ily controlled by elevation. In such cases, englacial 
water will tend to drain vertically downwards 
through the glacier, and subglacial drainage will tend 
to follow the local slope of the bed (Hooke, 1984; 
Holmlund, 1988a).

3.2.4 Storage
Water can be stored in subglacial, supraglacial, 
englacial or ice-dammed lakes and ponds if dis
charge is prevented by some form of barrier, related 
either to ice permeability or to pressure gradients. 
Storage may be controlled by the glacier itself or by 
a combination of glacier and local topography, 
according to local drainage characteristics. Ice- 
contact water bodies are temporary features, some 
expanding and contracting in response to glacier 
fluctuations over tens to thousands of years, and oth
ers filling and emptying relatively rapidly in response 
to glacier dynamics or volcanic activity over periods 
of weeks to years.

3.2.4.1 SUBGLACIAL LAKES AN D  PONDS

Ponded subglacial water bodies can vary greatly in 
size. At the smallest scale, water-filled cavities a 
few millimetres to several metres across commonly 
occur beneath temperate glaciers, particularly where 
the bed is rough. At the opposite extreme, large 
reservoirs up to 8000 knf in area are known from 
radio-echo sounding to exist beneath the Antarctic 
ice sheet (Oswald and Robin, 1973; Morgan and 
Budd, 1975; Oswald, 1975; Robin et al., 1977; Cud- 
lip and McIntyre, 1987; Ridley et al., 1993). It has 
been suggested that large subglacial lakes may have 
existed below the Laurentide ice sheet during the last 
glacial cycle, and that they may have been influen:;ai 
in ice-marginal surging and flooding events i W ngh:. 
1973; Shoemaker, 1991).

Water can accumulate beneath glacier' 
regions with relatively low hydraulic p '.er- are 
surrounded by regions where hydraulic p. :er.::^i ' 
relatively high. In such cases, the hydri_'.:. . \  ... > 
will cause water to flow towards the _i i_i-.e
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or pond, rather than away from it. Two possible situ
ations where large-scale ponding can occur are illus
trated in Fig. 3.3 (Bjornsson, 1975, 1976; Nye, 
1976). In the first case, water can be ponded within a 
bed depression located beneath an ice dome. Equipo
tential surfaces beneath the ice dome form concave- 
up parabolas, reflecting the form of the ice surface. If 
a bed depression is shallower than the form of the 
equipotential contours, ponding cannot occur 
because hydraulic potential decreases away from the 
centre of the depression, allowing water to flow 
towards the ice margin (Fig. 3.3b). In contrast, if the 
bed depression is deeper than the trace of the equipo
tential contours, ponding will occur because 
hydraulic potential increases towards the edges of the 
depression owing to increasing bed elevation (Fig. 
3.3a). At equilibrium, the water body will have a con- 
cave-up surface along which the pressure is every
where equal to that at the edges of the basin. The 
reservoir cannot grow any larger than this, and any 
further flow of water into the depression will result in 
equal outward flow.

The second situation where water can be ponded is 
shown in Fig. 3.3c. In this case, the glacier bed is flat 
and the ice surface consists of a central depression 
circled by thicker ice. Hydraulic potential beneath 
the depression is lower than in the surrounding areas, 
as shown by the equipotential surfaces, which form 
convex-up parabolas below the depression. Water 
flow towards the bed beneath the depression will 
form a water cupola, with a domed upper surface 
lying along an equipotential surface. This water is 
prevented from escaping by regions where the 
hydraulic potential at the bed exceeds that at the sur

face of the reservoir. As the reservoir expands, these 
regions will shrink in width, until a hydraulic con
nection can be made between the reservoir and sub
glacial drainage pathways beyond. Once water 
begins to escape from the reservoir, it can enlarge its 
drainage pathways, and catastrophic drainage can 
ensue (Bjornsson, 1975; Nye, 1976; Section 3.5). 
Water cupolas are thus less stable than reservoirs 
located in deep bed depressions.

A particularly effective mechanism for the produc
tion of subglacial lakes is ice-melting by volcanic 
heat flow, such as below the western part of Vat- 
najokull, Iceland, which is located in one of the 
most active sections of the mid-Atlantic spreading 
ridge (Thorarinsson, 1953, 1957; Bjornsson, 1974.
1975). Ice centred on the Grimsvotn caldera melts 
to produce a large subglacial cupola, eventually 
causing localized supraglacial depressions into 
which surface meltwater begins to drain (Bjornsson. 
1976; Fig. 3.4). The lake system at Grimsvotn emp
ties itself catastrophically approximately every six 
years (Section 3.5), and re-forms in response to the 
high geothermal heat flows from the caldera (Gud- 
mundsson et al., 1995). Periods of more intense vol
canic activity are responsible for substantial changes 
in the subglacial environment, forming large, unsta
ble lakes. Recent examples from Iceland include the 
eruption of Katla below Myrdalsjokull in 1918 and 
the eruption below Vatnajokull in 1996, both of 
which triggered large floods.

Small-scale water-filled cavities form on the 
downglacier side of bumps on rough glacier beds, 
where local ice pressures are low (Section 3.4.4; Fig. 
3.19). Below thin or crevassed ice, where subglacial

10
Equipotential lines Streamlines

Fig. 3.3 Subglacial lakes, (a) Lake form ed in a deep depression beneath an ice dome. The surface o f the  lake is defined b;. 
an equipotential surface. W ater cannot f lo w  ou t o f the depression against the potentia l gradient, (b) Shallow depressior 
ce°eath an ice dome. W ater flow ing  in to the depression can escape along the bed along the potentia l gradient, (c) Sub- 
;  г : al cupola form ed beneath a depression on the ice surface. W ater beneath the depression w ill f lo w  in to the cupola, anc 
: r^e .ented from  escaping by an ice dam o f w id th  W  where the ice pressure exceeds water pressure in the cupola. Lake 

т > ;  =■ s on w ill cause the ice dam to  narrow: when W  = 0, drainage w ill occur. (M odified from  Nye, 1976)
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- g. 3.4 (a) An ice cauldron beginning to  form  on the sur- 
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" 3  in the Grimsvotn caldera in August 1972. (Aerial photo 
: -cp lied by Landmaelingar Islands) (b) Final stages o f caul- 
: _on form ation above Grimsvotn. (Photo: S. Thorarinsson)

water may be at atmospheric pressure, air-filled cav
ities can develop if sliding ice bridges over the lee 
side of bumps or rock steps (Kamb and LaChapelle, 
1964; Vivian and Bocquet, 1973). Where subglacial 
water is pressurized, however, water-filled cavities 
form where water pressure (Pw) exceeds the pressure 
exerted by the ice (P,) on the bed. Higher water pres
sures lead to more extensive cavities, as Pw exceeds 
Pj over larger and larger areas of the bed. Two basic 
types of cavity can be recognized: step cavities. 
where the downglacier side of the controlling obsta
cle has an abrupt step, and wave cavities, where the 
bed has a smooth profile (Kamb, 1987). The mecha
nisms of formation of both types of cavity are essen
tially the same, but the threshold pressure conditions 
for cavity formation and growth differ. The mechan
ics of cavity formation are discussed in detail by Lli- 
boutry (1979), Weertman (1979) and Fowler < 19''”_

3.2.4.2 SUPRAGLACIAL AND ENGLACIAL Lt<ES

Englacial and supraglacial lakes are imp " -
porary storage sites for surface meltw ater. F 
water in englacial positions are predomir.^r.:/ - _ 
and are usually the closed-off remnant' . _ 
or meltwater tunnels (Paterson and S. r .
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Supraglacial lakes are formed during the ablation 
season in all but the coldest of polar settings. On tem
perate glaciers, supraglacial ponds usually form early 
in the melt season, but drain away as the englacial 
drainage network opens up. In contrast, where ice is 
below the pressure melting point, supraglacial ponds 
can persist throughout the melt season, owing to the 
inability of meltwater to penetrate below the upper
most ice layers (Section 3.2.2). On glaciers with 
large amounts of supraglacial debris, differential 
melting causes the widespread development of 
water-filled hollows and sinkholes, or glacier karst 
(Clayton, 1964; Section 6.5.4.2). As glacier melting 
proceeds, supraglacial ponds become more numer
ous and larger, and will persist if englacial drainage 
is poorly developed or if the englacial water table is 
high. Partially supraglacial lakes may form if the 
margins of a glacier become submerged by lake 
waters dammed between a topographic obstacle or a 
moraine and the glacier. Often it is difficult to deter
mine whether or not such lakes do overlie glacier ice. 
As mentioned in Section 3.2.4.1, supraglacial lakes 
or ice cauldrons can also form in depressions created 
by geothermal melting and ice subsidence (Fig. 3.5; 
Bjornsson, 1975).

3.2.4.3 ICE-DAMMED LAKES

Wherever glacier ice forms a barrier to local or 
regional drainage, water will be ponded to form an 
ice-dammed lake. Such lakes are often small, but 
may cover thousands of square kilometres, or may be 
as small as <1 km where a trunk glacier dams a 
small tributary valley. In mountainous terrain, ice- 
dammed lakes form in one of three locations (Tho- 
rarinsson, 1939; Liest0l, 1955; Stone, 1963; Hewitt, 
1964, 1982; Maag, 1969): (a) in ice-free side valleys 
blocked by a glacier in the trunk valley; (b) in trunk 
valleys where side valley glaciers have blocked the 
drainage; and (c) at the junction between two valley

glaciers. Marginal ice-dammed lakes are particularly 
common beside polar and subpolar glaciers, largely 
because the ice is frozen to the bed and there are no 
well-developed englacial and subglacial drainage 
networks through which lakes could drain (Fig. 3.6). 
In lowland areas, ice-dammed lakes may form wher
ever glaciers advance into or retreat from terrain that 
slopes down towards the ice margin. Although many 
ice-dammed lakes are often referred to as 
‘proglacial’, they owe their existence to ice damming 
of the drainage and are therefore by definition ‘ice- 
dammed’. The depth of ice-dammed lakes may be 
controlled by topographic spillways or by the ice 
itself, depending on the relationship between the 
local terrain and ice thickness.

Two of the largest examples of ice-dammed lake' 
are Glacial Lake Agassiz which formed during the 
last glacial cycle when rivers draining towards Hud
son Bay were dammed against the margins of^the 
retreating Laurentide ice sheet (2,000,000 km' in 
area; Teller and Clayton, 1983; Teller, 1987, 1995 
Kehew and Teller, 1994), and Glacial Lay.-. 
McConnell (215,000 km' in area; Lemmen et al.. 
1994; Fig. 3.7 (Plate 12)). Similarly, large ice- 
dammed lakes were produced in Siberia as a result o: 
the damming of northward-draining rivers by the 
Eurasian ice sheet (Rudoy and Baker, 1993; Hughe 
and Grosswald, 1995). The shorelines of such large 
lakes are extensive, and therefore can be used : 
reconstruct patterns of glacioisostatic rebound (Sec
tion 1.5), which would normally be unrecorded ir 
continental interiors where there is no raised marir. 
record.

3.2.4.4 PROGLACIAL LAKES

Lakes ponded between frontal glacier margins an: 
topographic high points are referred to as prog lac:, 
от frontal lakes when the lake owes its existence 
the topographic barrier rather than the presence

a b с

water^S
table

ice

f  water

100m A rock 
Scale '— >■ 1 km

Fig. 3.5 Stages in the form ation o f a supraglacial cauldron and lake above a geothermal area, (a) The production o f a s. :• 
glacial water cupola beneath an ice surface depression, (b) Formation o f a cauldron due to  the drainage o f the subgla: i  
сасю'а. (c) Production o f a supraglacial lake. (M odified from  Bjornsson, 1976)
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5
д  h e ig h ts  in  m e tre s

s u r fa c e  m o ra in e s

:he ice, as in the case of ice-dammed lakes. A typical 
example, at the margin of Heinabergsjokull, Iceland, 
is shown in Fig. 3.8. Moraine-dammed proglacial 
iakes are common wherever large amounts of debris 
ire available for moraine construction, and such 
iakes may drain catastrophically if the moraine dam 
> eventually breached. Such lakes can be dammed 
by ice-cored sediment accumulations, which eventu
ally collapse as a result of melt-out and therefore 
release the water from storage. Glacier retreat may 
also uncover a lower outlet along which some of the 
vater may decant. Excellent examples of evolving

proglacial lakes are found along the margins of Brei
damerkurjokull and Fjallsjokull in Iceland (Fig. 3.9 
(Plate 13)). These lakes are ponded behind moraine' 
and accumulations of outwash, and have changec 
size and shape throughout the retreat of the two glac- 
iers from their Little Ice Age maxima (Howanh .. .. 
Price, 1969; Price and Howarth, 1970: Price. - ' I  

Because they are impounded by bedrock ' r a 
iment rather than ice, proglacial lake' :er.i : S? 
more stable than other types of ice-c r.:ac: . \  - 
body. However, lake levels m_ r_c:ua:e :r. 
response to catastrophic influxe- : ■ a:e: :r ~
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Fig. 3.8 Proglacial lake at the snout o f Heinabergsjokull, 
Iceland. The drainage ou tle t can be seen in the m iddle dis
tance and the mouth o f the river is visible top  right. Large 
icebergs calve from  the glacier margin on a regular basis. 
(Photo: D.J.A. Evans)

sources elsewhere. The proglacial lake of Hein
abergsjokull, for example, fluctuates in response to 
frequent dumping of water via subglacial tunnels 
from the ice-dammed lake of Vatnsdalslon at the east 
margin of the glacier (Thorarinsson, 1939; Bjorns
son, 1976). Unstable proglacial lakes impounded by 
latero-frontal moraines are common in many high 
mountain areas, such as the Cordillera Blanca, Peru, 
where glacier calving is known to be responsible for 
the production of large waves erode the restraining 
moraine and cause catastrophic drainage (Section 
3.5; Lliboutry et al., 1977).

3.3 SUPRAGLACIAL AND 
ENGLACIAL DRAINAGE SYSTEMS

3.3.1 Supraglacial drainage
As noted in Section 2.2.2, surface melt of snow results 
in the downward percolation of water through the 
snowpack, where it may refreeze. Where melting 
exceeds refreezing rates, water will accumulate 
within the snow, and in areas of low relief may form 
extensive areas of slush swamps. Where snow lies on 
a slope, however, water will drain laterally through the 
snowpack, eventually forming rills which join up to 
form a dendritic drainage network. Such networks can 
exist entirely within the snow, the only surface expres- 
<ion being slight depressions along the line of subsur
face flow (Higuchi and Tanaka, 1982). If discharge is 
high enough, surface channels will form. These can
- "ge rapidly by the entrainment of rafts of snow 
' ~ ::ie banks, which melt in transit, adding to the 

fli_ _ j : 'charge. Surface stream networks are often 
■ e l  jo1, eloped on ice surfaces in glacier ablation

areas, owing to the low primary permeability of glacier 
ice. Channels are typically a few millimetres to a few 
metres in depth, and have smooth sides that offer little 
resistance to water flow (Fig. 3.10). Surface meltwater 
streams commonly meander, and can exhibit great reg
ularity of wavelength and amplitude (Knighton, 1972). 
Where structural control is strong, such as where 
cracks, crevasses or foliation are present, straight 
channels predominate (Sugden and John, 1976).

On ice masses with large ablation areas, extensive 
drainage networks can evolve, which may cover sev
eral hundred square kilometres (Fig. 3.11). Such net
works share many characteristics with drainage 
networks developed on rock or sediment, but with 
some important differences (Sugden and John,
1976). (a) Drainage density is very high, and net
works tend to lack well-developed trunk streams. 
This appears to reflect high rates of water supply and 
the dynamic character of the ice surface, where ice 
motion and ablation inhibit the development of inte
grated drainage patterns, (b) Drainage patterns con
tain many subparallel elements, reflecting structural 
control and the consistent slope of most glacier sur
faces, which contrasts with the incised nature of nor
mal river valleys, (c) The density of streams 
decreases upglacier, unlike that of normal stream net
works, mainly because the amount of melting and 
water production decreases with altitude, (d) Chan
nel patterns are highly changeable and unstable, 
because glacier ablation tends constantly to alter the 
ice surface topography, and crevasses may open up, 
truncating parts of the network. On small valley glac
iers with markedly convex snouts, radial drainage 
patterns commonly develop, carrying surface 
drainage towards the glacier margins.

3.3.2 Englacial drainage
Only a small component of the water carried by 
englacial drainage networks is derived from internal

Fig. 3.10 Surface m eltw ater stream, Axel Heiberg Island. 
Note the meanders. (Photo: D.J.A. Evans)
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Fig. 3.11 Evolution o f a supraglacial stream network on 
the Greenland ice sheet. (From Sugden and John, 1976; 
after Holmes, 1955)

melting of the glacier, and most originates at the sur
face. Water from supraglacial streams often plunges 
down vertical or steeply dipping holes in the ice 
called moulins (from the French word meaning 
mill’). Moulins, which are analogous to sink holes 

::i karst, tend to exploit structural weaknesses such as 
crevasses (Fig. 3.12). New moulins are formed when 
crevasses open up across the line of a supraglacial 
'•.ream, capturing the drainage, and can persist after 
:ne rest of the crevasse has closed (Stenborg, 1973). 
Glacier flow can isolate moulins from their 
'upraglacial water supply, particularly if new 
crevasses are created further upstream, sometimes 
creating lines of old, abandoned moulins (Holmlund, 
! 988a). The strong influence exerted by crevasse dis
tribution on the location of moulins means that 
englacial drainage can be routed in directions very 
different from those predicted by theory, flow being 
cetermined by glacier structure (Stenborg, 1973; Lli- 
boutry, 1983; Seaberg et al., 1988; Fountain, 1993). 
Changes in crevasse distribution through time can 
dramatically alter the supraglacial catchments of

Fig. 3.12 A m oulin on the Glacier d'Arolla, Switzerland. 
Dye is being poured in to  the m oulin as part o f a tracing 
experiment. (Photo: I. Willis)

englacial streams, with consequences for the amount 
of water draining through the system.

Water levels in moulins tend to fluctuate through 
time, and will be highest during periods of rapid melt 
or rainstorms, when more water enters the system 
than can be discharged through the englacial and 
subglacial network. Because the conduit network 
cannot adjust rapidly enough by melting to cope with 
high discharges, water backs up the system, raising 
water levels and water pressures at depth (Holmlund 
and Hooke, 1983). Conversely, water levels will be 
low at times of low discharge, before conduits have 
adjusted to the new conditions by creep closure. At 
such times, water pressure throughout much of the 
system may be atmospheric (Lliboutry, 1983; Hooke, 
1984). Water level fluctuations have also been 
observed in boreholes that have connected with 
englacial or subglacial drainage systems, for similar 
reasons (Hodge, 1976, 1979; Kamb et al., 1985; 
Holmlund, 1988a).

From time to time, adventurous researchers have 
made descents of moulins when the water level is 
low, such as in winter (Vallot, 1898; Dewart. 1966; 
Reynaud, 1987; Holmlund and Hooke, 1983; H. - 
lund, 1988a). The hazards of this questionable prac
tice are made clear in this quotation from H i~ . с 
and Hooke (1983, p. 20): ‘While one of U' . _
in a moulin measuring its geometry, twi 1 ___
were heard. Almost immediately, the . .
the moulin . . . began to rise at a rate ~
7 meters per hour.’ A rather safer, th ... 
time-consuming, approach is to make repe. .. ..r -
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of conduits as they melt out at the glacier surface (e.g. 
Holmlund, 1988a). If such maps are made over sev
eral seasons, a three-dimensional plan of the former 
englacial network can be built up (Fig. 3.13). One 
major disadvantage of this method is that the form of 
conduits can radically alter with time as a result of ice 
deformation, particularly once they become inactive, 
so that maps constructed over several years may not 
give an accurate view of a conduit system as it existed 
at any one time. Investigations of moulins have shown 
that the uppermost part is usually straight and vertical, 
sometimes interrupted by steps or plunge pools, and 
corkscrew-shaped moulins have been observed in 
some cases (Dewart, 1966). At greater depths below 
the surface, moulins tend to change from vertical to 
downglacier-dipping passageways (Fig. 3.13; Rey- 
naud, 1987), a transition that reflects the depth of 
crevasses and changing pressure conditions. At depth, 
moulins tend to be water-filled for much of the time, 
so that water pressure and hydraulic gradients tend to 
be controlled by the configuration of the ice, as 
described in Section 3.2.3.3, resulting in downglacier- 
dipping passageways. Closer to the surface, moulins 
are rarely completely filled with water (usually only 
during peak flow events), so that pressure is often 
atmospheric and hydraulic potential is controlled by 
elevation alone. Combined with the presence of open 
crevasses, this means that water will continue to flow

vertically downwards (Holmlund and Hooke, 1983; 
Fountain, 1993).

In addition to moulins, englacial drainage is car
ried by systems of small veins and passages through 
the ice. Raymond and Harrison (1975) observed a 
number of tubular passages, suggestive of conduits, 
in ice cores extracted from Blue Glacier, Washington 
State, USA. The passages were a few millimetres in 
diameter, and in two or three cases branched 
upwards, suggesting a network of englacial conduits 
as envisaged by Shreve (1972). More recently, 
Pohjola (1994) used a remote video camera to 
observe tubular voids in the sides of boreholes drilled 
in Storglaciaren, Sweden, which were interpreted as 
parts of an englacial channel system. Additionally, 
several workers have noted that, during drilling of 
boreholes through ice, the drill occasionally falls 
freely for distances of up to 1 m, even at depths of 
200 m or more, indicating the presence of water- 
filled englacial passages (Paterson, 1981). It is uncer
tain how systems of small, branching conduits can 
develop within glaciers. Pohjola (1994) suggests that 
such systems may originate in the accumulation 
area of the glacier, either as drainage networks in 
the snowpack or along the lines of crevasses. He 
argues that in both cases, the conduit systems are per
petuated following the transformation of snow to ice, 
and maintained by the flow of water under pressure.

Fig. 3.13 Three-dimen
sional form  o f moulins on 
Storglaciaren, Sweden, (a) 
Vertical upper shaft and 
sloping lower section, (b) 
Network o f moulins and 
englacial conduits deter
mined by successive surveys 
o f an ablating glacier sur
face. (From Holmlund, 
1988a. Reproduced by per
mission o f the International 
Glaciological Society)
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Additional information on the character of 
rnglacial drainage networks has been obtained by 
monitoring the flow of water through glaciers in dye- 
:racing studies. On the basis of the transit time and dif- 
\:-ion of dye injected into moulins in Storglaciaren, 
S weden, Hooke et al. (198 8) suggested that part of the 
rnglacial drainage of the glacier was through braided 
. nduits rather than a branching network.

3.4 SUBGLACIAL DRAINAGE 
SYSTEMS

3.4.1 Introduction
Subglacial drainage is now recognized as one of the 
most important branches of glaciology, because of

the profound influence it exerts on ice velocities, 
glacier stability, and sediment erosion, transport and 
deposition. Great advances in understanding have 
been made in recent years, mainly as a result of cre
ative interactions between theoretical analyses and 
carefully designed field experiments. Several types 
of subglacial drainage system are now recognized, 
the distribution of which depends on water discharge, 
temperature distribution at the ice-bed interface, and 
the permeability, topography and rigidity of the bed. 
A fundamental distinction is made between discrete 
and distributed systems of subglacial drainage. In the 
former, water is confined to a few channels or con
duits, whereas distributed systems transport water 
over the whole of, or a large proportion of, the bed. 
The main types of channelized and distributed sub
glacial drainage are shown diagrammatically in Fig. 
3.14, and are as follows.

ice flow

Fig. 3.14 D ifferent types 
o f subglacial drainage 
system fo r rig id and 
deform able beds. 1, Bulk 
movement w ith  deform ing 
till;  2, Darcian porewater 
flow ; 3, pipe flow ; 4, den
dritic channel network; 5, 
linked cavity system; 6, 
braided canal network; 7, 
th in  film  at the ice-rock 
interface. Types 1, 2 5 6 
and 7 are d is tr ib - :e r  sys
tems where d ra e: 
place over гть :-  ?* : r : 
and type 4 :s a z 5-:'=:e : 
tem in which drainage is 
carriec t .  :  : 
(From Be^_ i~ z  E .= 'i 
1996)
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1. Discrete systems:
(a) Rothlisberger channels (R-channels) -  incised 

up into the ice;
(b) Nye channels (N-channels) -  incised down 

into rock or sediment;
(c) tunnel valleys -  incised down into rock or sed

iment;
2. Distributed systems:

(a) water film -  between ice and bedrock;
(b) linked-cavity network -  between ice and 

bedrock;
(c) braided canal network -  between ice and sed

iment;
(d) porewater flow (Darcian flow) -  within sub

glacial sediment.

Discrete drainage systems are efficient transporters 
of meltwater, allowing rapid flow through well-con
nected channel systems. In contrast, distributed sys
tems are inefficient, and meltwater follows more 
tortuous routes through poorly connected networks. 
The type of drainage has important implications for 
glacier motion, by controlling water pressure condi
tions at the bed (Sections 4.4.2 and 4.5.3).

3.4.2 Channel systems
‘Channel systems’ refers to branching, tree-like net
works of tunnels that form efficient drainage path
ways capable of carrying large amounts of 
throughflow. Two fundamental types of subglacial 
channel are recognized: Rothlisberger or R-channels, 
incised upwards into the ice, and Nye or N-channels, 
cut down into the glacier bed (see above).

R-channels are similar in many respects to 
englacial conduits, the principal difference being that 
they are floored by rock rather than being completely 
surrounded by ice (Fig. 3.15; Rothlisberger, 1972). 
R-channels are kept open by melting of the tunnel 
walls by frictional heat, and tend to contract by ice 
creep driven by pressure differences between the ice 
and the tunnel (Section 3.2.3.2; Rothlisberger, 1972; 
Shreve, 1972). For steady-state conditions, water 
pressures in R-channels are lower than pressures in 
the surrounding ice owing to the pressure drop asso
ciated with melting of the walls, a tendency that 
increases with tunnel diameter. Accordingly, large R 
channels tend to capture water from smaller ones, 
leading to the development of a branching (arbores
cent) network. It should be remembered, however, 
that for channels fed from the surface, steady-state 
conditions may be unusual and the pressure within 
R-channels may be at or close to atmospheric much 

f the time, particularly close to glacier margins 
= rhlisberger, 1972; Lliboutry, 1983; Hooke, 1984). 
Г;-_:г.1у. the openings, or portals, of R-channels at 
;  'nouts frequently contain only small amounts

Fig. 3.15 Portal at the  margin o f Eyjabakkajokull, Iceland. 
(Photo: D.J.A. Evans)

of water relative to their size, particularly late in the 
melt season (Fig. 3.15). This effect, however, may be 
partly due to enhanced melting of the walls by warm 
outside air during the day.

The path taken by R-channels is governed by the 
hydraulic gradient at the bed. As discussed in Section 
3.2.3.3, for equilibrium conditions most of the 
hydraulic gradient is due to the surface slope of the 
ice and only a small component is contributed by the 
gradient of the bed. For ice sheets and ice caps, water 
flow is approximately parallel to ice flow, but with 
minor deviations associated with the underlying 
topography (Shreve, 1985a). The weak influence of 
elevation on subglacial hydraulic potential, however, 
means that R-channels need not follow the slope of 
the bed, but can travel across the slope or even uphill. 
This is an important difference between subglacial 
channels and surface streams, the flow of which is 
controlled only by differences in elevation. Below 
valley glaciers, parts of the bed are considerably 
steeper than the surface of the ice, so the influence of 
subglacial topography on patterns of water flow is 
correspondingly greater. The fact that valley beds are 
lower in the middle than at the sides tends to favour 
the development of a central stream at the deepest 
point, fed by tributaries from the sides. In the snout 
area, however, the situation may differ. Near glacier 
margins, ice surface slopes are relatively large and 
therefore exert a stronger influence on the hydraulic 
gradient than the slope of the bed. Glacier snouts 
usually have convex cross-profiles, which tend to 
drive subglacial water flow away from the centre-line 
and towards the margins, a tendency that will be 
most pronounced where the lateral slope of the ice 
surface is large and the slope of the valley sides is 
small. Evidence for this effect exists for many valley 
glaciers, where subglacial streams have been 
observed emerging from marginal positions (Fig. 
3.16; Stenborg, 1969: Willis et al., 1990; Fountain. 
1992).



G la c ie r s  a n d  M eltv . a— 111

Fig. 3.16 The catchment areas o f three melt streams 
emerging from  the South Cascade Glacier, Washington 
State, USA. Note how m eltw ater from  catchments 1 and 3 
emerges from  the lateral margins o f the glacier ow ing to 
:ne convexity o f the ice-surface contours. (Redrawn from  
fountain , 1993)

The cross-sections of R-channels vary according 
the balance between tunnel enlargement by 

-lelting and tunnel closure by ice creep and water 
-eezing on to the walls. Where efficient melting 
ccurs, R-channels should be steeply arched because 
rictional heating, and hence the melting rate, is 

greatest above the centre of the channel where the 
ater flow is greatest. Where freezing occurs, how

ever. R-channels are expected to be wide and low 
Shreve, 1985a). These predictions imply that there 

-nould be systematic variations in the cross-section
an R-channel along its length as it passes through 

val zones of melting and freezing. In particular,
- nannels flowing downhill should be sharply arched 
because melting is most efficient for descending flow 
Shreve, 1972; Rothlisberger, 1972). Conversely, 

, hannels flowing uphill should be wide and low, for 
■vo reasons. First, the gain in potential energy asso

ciated with increased channel elevation means that 
iess energy is available for melting of the walls. Sec- 
: nd. the gain in height means that the water moves 
nto regions where ice pressure is lower and the melt- 

: ng point correspondingly higher. Together, these two 
effects reduce the amount of ice that can be melted 
■rom the tunnel walls, and may cause freezing on to

the walls of steeply ascending tunnels. Shreve 
(1985a) calculated that freezing should occur for 
channels ascending with a gradient more than 1.7 
times the surface gradient of the ice. Analysis of the 
cross-profiles of eskers, which represent infilled R- 
channels, lends some support to this model (Shreve, 
1985a).

The second major group of channels is known as 
Nye channels or N-channels, and these are incised 
into the substratum (Nye, 1973). The existence of 
such channels is clearly demonstrated by incised 
river channels exposed by the retreat of modern glac
iers, and abandoned channels cut in bedrock in areas 
occupied by former ice sheets (Fig. 3.17; Drewry, 
1986; Sharp et al., 1989b). N-channels can occur as 
single isolated features or in braided networks cover
ing large areas of the bed (Walder and Hallet, 1979; 
Hallet and Anderson, 1982; Sharp et al., 1989b). The 
latter represent former distributed drainage networks, 
which are discussed in Section 3.4.4. The presence of 
N-channels implies that erosion, and hence water 
flow, is consistently focused along the same route. 
Such consistency in the direction of water flow is 
most likely to occur where bedrock topography 
exerts a strong control on the hydraulic gradient, 
such as steep-sided valleys or rough glacier beds. 
This does appear to be the case, as subglacial melt
water channels cut in bedrock do frequently occur 
along the axes of valleys, or wind between pro
nounced high points such as roches moutonnees, or 
cut across ridges via’cols (Sissons, 1960a, 1961a, b; 
Sugden and John, 1976; Walder and Hallet, 1979; 
Hallet and Anderson, 1982; Sharp et al., 1989b; Sec
tion 9.3.4.1).

Fig. 3.17 Nye channel exposed by g lace- -eve=: 
B. Hubbard)
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Branching channel systems can also be incised 
into subglacial sediments, and can be very large in 
the case of tunnel valleys (Section 9.3.4.2; Boulton 
and Hindmarsh, 1987; Piotrowski, 1994). The shape 
of the channel floor is controlled by the erosion and 
evacuation of sediment, whereas the top of the chan
nel is composed of ice and enlarges or contracts in 
response to the balance between melting and effec
tive pressure, as for R-channels. Shoemaker (1986a), 
Shoemaker and Leung (1987), and Boulton and 
Hindmarsh (1987) have argued that such channels 
develop to allow the efficient drainage of subglacial 
aquifers, which would otherwise become unstable as 
a result of high porewater pressures. The spacing of 
the channels is dependent on the amount of surface 
water or basal meltwater to be discharged, and the 
permeability of the sediment. The pressure condi
tions and stability of such channels have been con
sidered further by Alley (1992b).

The efficiency of water flow through R-channels 
and single N-channels has been demonstrated in sev
eral dye-tracing experiments on modern glaciers. 
Where flow is through channels, dye poured down 
moulins tends to emerge as a single concentrated 
pulse, indicating little dispersal of the dye during 
flow, and no temporary storage in backwaters or side 
channels (Fig. 3.20). Reported water transit veloci
ties fall within the range reported for proglacial out- 
wash streams, and vary between 0.08 m s and 
0.7 m s 1 (e.g. Stenborg, 1969; Kamb et al., 1985; 
Seaberg et al., 1988; Willis et al., 1990). Actual 
velocities may be higher than these values if the 
channel systems are sinuous.

3.4.3 Water films
There is abundant evidence that, where rock beds are 
overlain by glacier ice at the pressure melting point, 
the ice and rock are separated by a thin film of melt
water (Weertman, 1972; Hallet, 1979b). Weertman 
(1964, 1969) supposed that such films constitute the 
principal drainage system of glaciers, carrying most 
of the water produced at the surface, interior and bed 
of the ice. However, it is now widely recognized that 
subglacial water films cannot be much more than a 
millimetre thick without breaking up, forming chan
nels at low points on the bed or filling cavities in the 
lee of obstacles (Lliboutry, 1968; Nye, 1976; Walder, 
1982). Therefore, water films have only a very lim
ited ability to transport water, and are believed to 
form a minor and largely independent drainage com
ponent transporting only water produced by local 
subglacial melting. The bulk of throughflow over 
hard rock beds, including surface and englacial 
waters as well as a subglacial component, is probably 
carried by systems of channels (Section 3.4.2) and/or 
'inked cavity systems (Section 3.4.4). Evidence in

support of this view is provided by boreholes to the 
base of temperate glaciers, which often encounter 
areas of the bed that are not, at least initially. 
hydraulically connected to the main subglaciai 
drainage system (Hodge, 1976, 1979; Fountain.
1994)"

Subglacial melting can occur over large areas o: 
glacier beds if the amount of heat from geothermai 
and frictional sources cannot be evacuated through 
the ice. Most of the water in films below temperate 
glaciers, however, appears to originate by local pres
sure melting (Hanshaw and Hallet, 1978; Hallet e: 
al., 1978; Souchez andLemmens, 1985; Sharp et al.. 
1990; Hubbard and Sharp, 1993). Pressure melting 
occurs on the upglacier side of bumps on the bed. 
where ice-contact pressures are high and the melting 
point is low. Conversely, at the downglacier side of 
bumps, ice-contact pressures are low and the melting 
point is increased, encouraging freezing, a process 
known as regelation (Section 4.5.2.1; Weertman. 
1957b; Hubbard and Sharp, 1993). The principal role 
of the subglacial water film under many glaciers is to 
transfer water downglacier from areas of pressure 
melting to areas of regelation; for this reason the 
water film is sometimes known as the regelation 
water film. The amounts of melting and freezing may 
not exactly balance, however. Isotopic evidence sug
gests that, where there is net water production, the 
excess probably enters channels or a linked-cavity 
network and is lost to the water film system (Sharp et 
al., 1990; Hubbard and Sharp, 1993). Conversely, 
water films may ‘soak up’ excess water at times of 
high water pressures.

The thickness of subglacial water films is 
extremely difficult to establish by direct measure
ment, because it is impossible to observe such a del
icate system without disturbing and altering it. 
Indirect methods, therefore, must be used. Vivian 
(1975) noted a deficiency of particles smaller than 
200 pm at the ice-rock interface below Alpine glaci
ers, and reasoned that the finer particles had been 
carried away in the subglacial water film, which must 
therefore be roughly 200 pm (0.2 mm) thick. This 
approach has been refined by Hallet (1979b), who 
inferred the nature of former subglacial water films 
from the characteristics of calcite deposits on 
recently deglaciated limestone surfaces in front of 
Blackfoot Glacier in the USA. Large areas of the for
mer glacier bed are covered with such deposits, 
which consist of calcite (CaCO,) precipitated from 
subglacial waters, together with varying amounts of 
fine rock particles. The particles appear to have been 
incorporated in the deposits when calcite precipitated 
out of the subglacial water film during regelation 
above the lee side of bumps. Hallet argued that the 
particles are most likely to have been transported in 
the water film, and that the size distribution of the
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rarticles can be used to reconstruct the film thick
ness. The coarsest particles are c. 110 pm in diame
ter. although very few exceed 50 pm and most are 
'mailer than 30 pm (Fig. 3.18). Hallet concluded that 
in most cases the film must be thinner than a few 
micrometres, with localized and occasional thicken
ing to several tens or even hundreds of micrometres 
in exceptional cases. The distribution of the coarsest 
rarticles in lenses suggests that, where the film was 
thick, flow was concentrated in irregular microchan- 
rtels separated by projections of the glacier bed, as 
rredicted by theory (Walder, 1982).

3.4.4 Linked-cavity systems
Lliboutry (1968, 1976, 1979) was the first to suggest 
that subglacial water can drain through systems of 
cavities developed between the base of the ice and 
tine underlying bedrock. Such networks consist of 
numerous cavities linked by narrow connections or 
rifices (Fig. 3.19). Water transit velocities are very 
:>w, because of throttling of water flow in orifices, 

the tortuous nature of the network, and temporary 
'torage in poorly connected cavities. Indeed, not all 

ater-filled cavities need be connected with the main 
crainage network at any one time, and some may 
connect only with the subglacial water film. The 
extent of the active network will vary with water dis
charge and pressure, as cavities increase or decrease 
m size and the number of active orifices changes 
Kamb, 1987; Sharp et al., 1989b). Striking evidence 
f former linked-cavity drainage networks is present 
n recently deglaciated limestone surfaces, where 

f ’’rmer water-filled cavities and channels are readily 
identifiable from abundant solutional features (Sec
tion 9.3.4; Walder and Hallet, 1979; Hallet and 
Anderson, 1980; Sharp et al., 1989b).

Dye-tracing experiments below existing glaciers 
rrovide indirect but persuasive evidence for linked-

cavity drainage systems. In several studies, dye 
poured down moulins has emerged at the glacier 
snout in diffuse, multi-peaked patterns, which are 
very different from the single, sharp-peaked plug of 
dye characteristic of tunnel systems (Fig. 3.20; 
Kamb et al., 1985; Seaberg et al., 1988; Willis et al., 
1990). Such patterns indicate splitting and rejoining 
of flow paths, and the temporary storage of water 
beneath the glacier, compatible with the expected 
geometry of linked-cavity networks. The time lag 
between dye injection and its appearance at the 
snout indicates throughflow velocities of only 
0.01-0.086 m s , an order of magnitude less than 
those expected for channels carrying similar dis
charges.

The mechanics of linked-cavity systems results in 
very different relationships between water discharge 
and pressure as compared with those for tunnel sys
tems, with important consequences for drainage net
work evolution (Walder, 1986; Kamb, 1987; Fowler, 
1987a). For small water discharges, ice-melting 
tends to be a relatively unimportant process of cavity 
enlargement, because of the large surface area of the 
drainage system compared with its volume. As we 
saw in Section 3.2.3, the size of small cavities is 
mainly determined by the mechanics of ice-bedrock 
separation, and cavities form where water pressure 
(Pw) exceeds the pressure exerted by the ice (P j on 
the bed. Therefore, increases in water pressure result 
in increased carrying capacity. This positive relation
ship between discharge and pressure is precisely 
opposite to the steady-state behaviour of R-channels. 
Whereas large, low-pressure R-channels tend to 
‘capture’ meltwater from smaller, high-pressure 
ones, no such tendency exists for water-filled cavities 
at low discharges. Up to a point, the pressure in 
larger cavities will be greater than in smaller ones, 
and there will be no tendency for such cavities to 
capture drainage and undergo unstable growth at the

Fig. 3.18 Size d sv z~ o* 
rock fragm ent; - i . z z i :  а 
carbonate ce ; -rom

Number of particles
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(b) __________ ~ 10m______________

Fig. 3.19 Schematic diagrams o f a linked cavity network, 
(a) Plan view, (b) Cross-sections through cavities (A-A ') and 
orifices (B-B'). (From Kamb, 1987. Reproduced by permis
sion o f the American Geophysical Union)

expense of others. Within limits, therefore, linked- 
cavity systems tend to be stable features, with no ten
dency to evolve into branching networks of 
R-channels.

This relationship begins to break down at high dis
charges, when ice-melting becomes more important 
than water pressure in maintaining cavities (Kamb, 

4 _ .As for R-channels, melting of the ice roof off-
- ^me of the ice pressure that would otherwise

A

В

Fig. 3.20 Results o f dye-tracing experiments on Midtdals- 
breen, Norway, high lighting the difference between dis
crete and distributed subglacial drainage. (A) A single pulse 
o f dye emerging from  the glacier after a short lag, indicat
ing effic ient transport through a well-connected conduit. 
(B) Several dye peaks w ith  lags o f up to  48 hours, probably 
the result o f slow transit and temporary storage in a to rtu 
ous linked-cavity network. Note the d iffe rent timescales. 
(Adapted from  Willis e ta /., 1990)

tend to close the cavity, and Pw can fall below Py Ice 
melt rates increase with discharge, so increasing 
water discharges through a cavity result in a greater 
pressure drop. Therefore, large, low-pressure cavities 
will ‘capture- drainage from smaller, high-pressure 
cavities, and will tend to grow. With continued cavity 
growth, drainage will increasingly be earned by a 
few large conduits, and the linked-cavity network 
will convert into a system of R-channels. The insta
bility of linked-cavity systems at high discharges 
provides a mechanism whereby subglacial drainage 
can ‘switch’ to a more efficient mode, allowing large 
amounts of water to be evacuated from the bed.

Important evidence in support of this model of 
subglacial drainage evolution has been provided by 
dye-tracing experiments (Kamb et al., 1985; Seaberg 
et al., 1988; Willis et al., 1990). Studies at Stor
glaciaren, Sweden, and Mitdalsbreen, Norway, have
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demonstrated that parts of the subglacial drainage 
^sterns evolve from distributed, braided systems 
:nto efficient conduit systems on a seasonal basis, as 
discharges increase during the melt season. The tim
ing of the transition is dependent on the supply of 
w ater to the system, which in turn reflects the partic
ular weather conditions experienced on the glacier. 
At Mitdalsbreen, the critical discharge at which tran
sition occurs was estimated at 1 m s (total dis
charge per subglacial catchment). During the winter 
months, discharges at Storglaciaren and Mitdals- 
~reen drop to zero. It is therefore likely that the 
drainage network developed during the previous 
'Ummer will tend to close down in response to ice 
reformation, and will be reinitiated at the onset of 
the next ablation season. Kamb et al. (1985) found 
mat switches from linked-cavity to channelized 
drainage were of fundamental importance in halting 
.mstable acceleration during a surge at Variegated 
Glacier, Alaska. The influence of drainage evolution 
on the dynamics of this and other glaciers will be 
examined in Sections 4.5.3 and 4.8.2.

3.4.5 Porewater movement
Groundwater flow through hard rock beds is gener
ally insignificant, owing to the low permeability of 
most rocks. Subglacial meltwater can, however, 
enter cave systems developed in limestones, such as 
Castleguard Cave, below part of the Columbia Ice
field, Alberta (Smart, 1986). For glacier beds com
posed of unconsolidated sediments, however, 
groundwater flow can be significant. There are two 
?asic mechanisms for porewater movement (Fig.
3.14). First, if the sediment undergoes shear as the 
result of glacially imposed stresses, bulk movement 
of water will occur as it is carried along with the 
mineral grains (Clarke, 1987c). Second, porewater 
can flow relative to mineral grains if driven by a 
hydraulic gradient (Boulton et al., 1974; Boulton 
and Jones, 1979; Murray and Dowdeswell, 1992). 
This process is called Darcian flow after the nine
teenth-century civil engineer H. Darcy, who con
ducted early experiments on water flow in soils. 
Darcy determined that the discharge of a fluid 
through a porous medium is inversely proportional 
to the viscosity of the fluid and directly proportional 
to the pressure gradient and a quantity known as the 
hydraulic conductivity:

Q = -(kA/T\)(Ap/d) (3.8)

where к is the hydraulic conductivity, A is the sample 
cross-sectional area at right angles to flow, ri is the 
fluid viscosity, and Ap/d is the pore-water pressure 
gradient.

With the exception of well-sorted, coarse gravels, 
the permeability of sediments is low (Table 3.1), so

Table 3.1 Hydraulic conductivities o f selected 
sediments

к (m s ') к (m s ')
Clay < 10 9 Fine sand 10' to 10~5
Silts 10“ 9 to 10-7 Coarse sand 10' to 10“ 2
Till О О о

O
'

Gravel 10 О О
о

Source: Freeze and Cherry (1979)

discharges of water will be low unless pressure gra
dients are very high. Darcian flow is therefore an 
inefficient process for the discharge of meltwater, 
and is thought to be insufficient on its own to drain 
water from most ice masses (Alley, 1989). Accord
ingly, Darcian flow probably usually occurs along
side other forms of subglacial drainage, with more 
efficient drainage systems developing in response to 
rising porewater pressures in the sediment. Shoe
maker (1986a) and Boulton and Hindmarsh (1987) 
argue that channels evolve by extending headward 
from regions of highest porewater pressure, and that 
development of low-pressure channels may therefore 
be an important mechanism for reducing porewater 
pressures in saturated sediments. This has implica
tions for glacier stability, because high subglacial 
porewater pressures reduce the strength of sedi
ments, making them more likely to deform under 
stress. Details of this process, and its implications for 
glacier motion, are discussed in Section 4.4.2.

Hubbard et al. (1995) have presented evidence for 
coupled porewater flow and channelized drainage 
below the Haut Glacier d’Arolla, Switzerland. Using 
water pressure data from a borehole array connected 
with a subglacial channel and its surroundings, they 
found that high water pressures during the day forced 
water out of the channel into a layer of subglacial till. 
At night, when water pressures in the channel were 
low, the flow of water was reversed, driving water 
from the till back towards the channel. This process 
apparently results in the flushing of fine debris out of 
the till into the subglacial drainage system. Boulton 
and Hindmarsh (1987) found that water pressure 
variations in subglacial till below Breidamerkur
jokull, Iceland, followed a diurnal cycle, also indi
cating a connection between porewater flow and 
conduits fed from the surface.

Boulton et al. (1995) have modelled meltwater 
flow through subglacial aquifers below the Saalian 
ice sheet in the Netherlands. They concluded that 
throughflow of water was an order of magnitude 
faster during glacial conditions than durir.g :r.:er- 
glacial conditions, owing to large pressure gracents. 
and that at the ice sheet maximum, porev^ier w ill 
have welled upwards beyond the margin. Such 
upwelling may have been responsib^ t - "e'tructur- 
ing of sediments, forming dewaii-.-.c pipes and



diapirs (upward bulges of remobilized sediment) at 
depth and extrusion features at the surface.

3.4.6 Braided canal systems
As mentioned in Section 3.4.5, Shoemaker (1986a) 
and Boulton and Hindmarsh (1987) have argued that 
branching, low-pressure channels will develop 
within subglacial aquifers when Darcian flow cannot 
evacuate all the available meltwater and porewater 
pressures in the sediment rise. Modelling by Walder 
and Fowler (1994), however, predicts that dendritic 
channels will be stable only where the substratum is 
stiff or rigid, or the hydraulic gradient is large. They 
propose that where subglacial sediments are soft and 
prone to deformation, excess water will collect at the 
ice-sediment interface in widespread braided sys
tems consisting of interconnected broad, shallow 
canals (Fig. 3.14). Walder and Fowler proposed that 
the relations between discharge and water pressure 
for braided canal systems will be analogous to those 
for linked-cavity systems, and will contrast with 
discharge-pressure relationships for branching chan
nels. For braided canals, greater discharges will be 
associated with higher water pressures, whereas in 
branching channels, water pressure decreases with 
increasing discharge. This means that in canal sys
tems, drainage will tend to remain distributed over 
much of the glacier bed because large canals will not 
tend to capture water and grow at the expense of 
smaller ones.

Clark and Walder (1994) argued that canal systems 
that form in association with deforming beds should 
be recognizable in the geologic record as broad 
lenses of sorted sediments with concave-up lower 
contacts and nearly planar upper contacts within till 
units. Such lenses within till sequences have been 
reported by N. Eyles et al. (1982b), Brown et al. 
(1987), Shaw (1987), D.J.A. Evans et al. (1995) and 
Benn and Evans (1996), and are discussed in Section
11.2.1.2. Although the possibility of canal systems 
has gained support, it must be recognized that as yet 
there is no direct evidence for their existence from 
modern glacier beds.

3.4.7 Modelling subglacial drainage 
systems
One of the most exciting recent developments in sub
glacial hydrology has been the development of math
ematical models of subglacial drainage networks, 
which allow field observations to be interpreted in 
terms of physical processes. Equations have been 
developed that relate water transit times to key char- 

'.eristics of the drainage system, such as conduit
i u meter and shape, channel wall roughness, 

.г....лс gradient, and the existence of storage

reservoirs. Using such equations, it is possible to use 
data from dye-tracing experiments and borehole 
water-level fluctuations to determine the probable 
style of subglacial drainage, and to establish whether 
flow is likely to be through dendritic conduits, 
linked-cavity networks, Darcian porewater flow or 
other types of system (e.g. Seaberg et al., 1988: 
Willis et al., 1990; Hubbard et al., 1995).

Clarke (1996a, b) has developed an original and 
powerful approach to modelling subglacial drainage 
networks, known as lumped-element analysis. This 
approach likens drainage networks to electrical cir
cuits consisting of resistors, storage elements and 
switches. Different types of drainage, such as R- or 
N-channels, linked cavity systems or Darcian pore
water flow, offer varying resistance to flow, and can 
therefore be modelled as flow resistors. Storage ele
ments can be characterized as differently shaped ves
sels, which may be open or closed, allowing 
temporal changes in storage capacity and overflow to 
be modelled. Finally, different types of switches can 
be used to simulate changes in flow routeing, which 
can be triggered by upstream changes in flow volume 
or capacity. This simple but efficient hydrological 
model can replicate many observed characteristics of 
subglacial drainage networks, such as the tendency 
for large R-channels to capture water from smaller 
ones, switching between distributed and channelized 
networks, and the difference between summer and 
winter subglacial drainage systems. In addition, 
solute and suspended sediment dynamics have been 
incorporated in the model, yielding results that com
pare well with observations (Clarke, 1996a).

Recently, integrated models of glacial drainage 
have been developed, which allow spatial and tem
poral variations in runoff and sediment transport to 
be predicted from catchment topography and meteo
rological inputs. Richards et al. (1996) have con
ducted an impressive study of catchment hydrology 
on the Haut Glacier d’Arolla, Switzerland, which 
combined a detailed measurement programme with 
comprehensive theoretical analysis. This work 
allows inputs of meltwater to the system to be pre
dicted from the energy balance at the glacier surface 
(Section 2.2.3.2), and allows subsequent transport 
and storage of water and sediment within the glacier 
to be reconstructed in detail. Richards et al. showed 
that seasonal retreat of the snow line up the glacier 
alters the volume and spatial pattern of water input to 
the system, causing a reorganization of the basal 
drainage network from a distributed system to a con
duit system as the melt season progresses. This reor
ganization results in changes to the subglacial 
weathering environment and the availability of 
solutes and suspended sediment, which are reflected 
in sediment erosion and transport rates. The Arolla 
project has far-reaching implications for predicting
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river runoff in glacierized catchments under chang
ing climatic regimes, and highlights the need for sim
ilar work to be carried out in other basins.

3.5 GLACIER OUTBURST FLOODS 
(JOKULHLAUPS)

3,5.1 Introduction
The hydrology of some glacier systems is character
ized by the periodic or occasional release of large 
amounts of stored water in catastrophic outburst 
floods. These are widely referred to by the Icelandic 
term jokulhlaup ( ‘glacier-flood’), but are also known 
as debacles in mainland Europe and aluviones in 
South America (Lliboutry, 1971, 1977; Vivian, 
.974). Jokulhlaups may be triggered by (a) the sud
den drainage of an ice-dammed lake below or 
through the ice dam; (b) lake water overflow and 
rapid fluvial incision of ice, bedrock or sediment bar
riers; or (c) the growth and collapse of subglacial 
reservoirs. The periodic nature of jokulhlaups in 
many areas means that they can often be predicted 
with some precision, but they are nevertheless severe 
geomorphological hazards, and their floodwaters can 
•vreak havoc on all human structures located in their 
path (Mason, 1929, 1930a, 1935; Thorarinsson, 
.939; Stone, 1963; Richardson, 1968; Jackson, 1979; 
Hewitt, 1982; Tufnell, 1984; Grove, 1988). The sud
den impact of jokulhlaups is often best described in 
Historical and eyewitness accounts. For example, 
Thorarinsson (1953) describes the 1934 flood of the 
Skeidera River, Iceland, following the release of 
floodwater from Grimsvotn (see Fig. 3.4):

The river Skeidera, which in March and April nor
mally has its smallest discharge, started to rise on 
March 22nd. The rise was slow at first, but on the 24th 
it had reached approximately the summer high water 
level. On the 28th the water started forcing its way out 
from under the glacier at several places, breaking up 
its border. On the morning of March 31st, the glacier 
burst reached its climax. 40-50,000 m3 of muddy grey 
water plunged forth every second from under the glac
ier border bringing with it icebergs as big as three- 
storeyed houses. Almost the whole of the sandur, 
some 1000 km" in area, was flooded. At 17.30 hr the 
same day the burst suddenly started to abate, and by 
the following morning the discharge of the Skeidera 
was normal.

are often either severely damaged or completely 
destroyed (Fig. 3.21). Such events are not restricted to 
the volcanic areas of Iceland, and indeed have taken a 
far heavier toll on humans and their settlements in 
mainland Europe, North and South America, Asia and 
New Zealand, where engineers have been attempting 
to reduce and repair the effects of glacially induced 
floods for decades. Although jokulhlaups usually 
occur during the ablation season when meltwater is at 
a maximum and glacial drainage networks are at their 
most developed, they have been known to occur dur
ing the winter (Liest0l, 1955; Vivian, 1974). In addi
tion, their occurrence is not always cyclic and may 
reflect changing glaciological conditions associated 
with glacier snout oscillations (Stone, 1963; Lliboutry 
et al., 1977; Desloges et al., 1989). Glacier recession 
or advance-retreat cycles in high-relief terrain are 
often characterized by two phases of jokulhlaup haz
ard: an early phase of increasing hazard as lakes build 
up, and a late phase as lakes drain below and around 
retreating glacier margins (Fig. 3.22; S.G. Evans and 
Clague, 1994).

Some of the most violent and destructive jokulh
laups originate in subglacial cupolas in volcanically 
active areas (Section 3.2.4.1; Thorarinsson, 1956b, 
1957; Tryggvason, 1960; Bjornsson, 1975, 1976, 
1992). The most celebrated example is that of 
Grimsvotn beneath the Vatnajokull ice cap, which 
empties approximately every six years, involving the 
release of up to 4.5 km of water at peak discharges 
of up to 50,000 m! s~' (Fig. 3.23; Bjornsson, 1974, 
1975, 1992; Gudmundsson et al., 1995). Once melt
water is released by the ice barrier it travels 50 km 
beneath the ice to emerge on Skeidararsandur, and 
the release of the water pressure associated with the 
emptying of the subglacial reservoir is thought to be 
responsible for setting off volcanic eruptions in the

It is only during jokulhlaups that the vast Icelandic 
mndur plains of Skeiderarsandur and Myrdalssandur 
actually become almost totally flooded. Once the 
•vater abates after a flood, channel patterns have 
ften undergone radical changes, icebergs lie 

branded on the sandur surface, and roads and bridges

Fig. 3.21 Jokulhlaup from  Summit Lake at - e — s 
Alaska, on 17 September 1967. The discharge = : -early 
3000 m3 s ’, one hundred times larger tha r' ~ean dis
charge o f the stream during normal flov. r : -s  The 
steel bridge was washed away a few  ho^'s photo
graph was taken. (Photo: J.J. Plummer



118 G laciers

ICE-MARGINAL 
OVERFLOW

LUQ
IDH
zо<

CL
Z><

=>
••o

0  JOKULHLAUP CYCLE ENDS 

(VALLEY NO LONGER BLOCKED 
BY GLACIER)

0  PRESENT

© © ©  1900 
DATE (AD) 

GLACIER RECESSION-----

© 1800

ADVANCE -

Fig. 3.22 Hypothetical glacier snout positions (open arrows indicate ice flow ) and associated ice-dammed lake form ation 
and jokulh laup activity (top) and a p lo t o f jokulh laup m agnitude against tim e (bottom), based upon studies in the Canadian 
cordillera. A t tim e 1, a lake impounded by the glacier is stable and drains via a stable overflow  channel. Between times 1 
and 2, the lake overflows along the margin o f the glacier (solid arrows). A t tim e 2, the first jokulh laup occurs and sporadi: 
or cyclic outburst floods continue until tim e 3 when the glacier has retreated to  a position where it no longer dams a lake 
The glacier then retreats to  the present (time 4). (M odified from  Clague and Evans, 1994)

Grimsvotn caldera (Thorarinsson, 1953, 1956b). The 
regularity o f the Grimsvotn jokulhlaups means that 
events can be predicted, and their impact upon roads, 
bridges and other structures on Skeidararsandur can 
be anticipated. Since the largest jokulhlaups o f the 
1930s, flood volumes have decreased in the 1980s and 
1990s to 0.6-1.45 km" in response to declining vol
canic activity and geothermal heating (Gudmundsson 
et al., 1995). Large jokulhlaups can also be triggered 
by subglacial volcanic eruptions, such as the 1918 
eruption o f Katla below Myrdalsjokull (Tomasson, 
1996) and the 1996 eruption below Vatnajokull.

Jokulhlaup discharges can exceed ablation-related
f. л s by several orders o f magnitude. In Baffin Island, 
Гг.лгсЬ (1972) recorded jokulhlaup flows o f about

3 — 1200 m s compared with typical peak flows o f only 
20 m " s”  . One o f the highest historic jokulhlaup flow - 
followed a subglacial eruption o f Katla, below the 
Myrdalsjokull ice cap in Iceland, and peaked at
1,500,000 m3 s 1 (Maizels, 1995). Although the 
power o f these historical jokulhlaups is indeed awe
some, their discharges and geomorphic impacts are 
minor when compared with the floods released during 
the last glaciation. Floods from Glacial Lake M is
soula, for example^ may have reached peak discharge? 
o f 2 1,000,000 m ’ s and certainly exceeded 
3,000,000 m3 s '1 (Section 9.3.4.4).

Much o f the damage created during jokulhlaups is 
associated with the large amounts o f debris that 
accompany the floodwaters (Fig. 3.24). For example.
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~q 3.23 Variations in the w ater level (metres above sea- 
r , e o f Grimsvotn, Vatnajokull, Iceland, showing the results 

:*  r. die lake drainage. (Redrawn from  Bjornsson, 1992)

: g. 3.24 Moraine-dammed Nostetuko Lake in British 
I :  jm b ia, Canada, which drained catastrophically in 1983 

-en the Little Ice Age moraine was breached as a result of 
= :  acier avalanche from  the Cumberland Glacier in the dis- 
* :--ce. The scar in the moraine attests to  the removal of 
: ::ro x im a te ly  1.5 X 106 m3 o f material, much o f which was 
depos ited  in the debris fan in the foreground. (From Evans 

i-.d  Clague, 1994. Reproduced by permission o f Elsevier)

than floodwaters, travel up to 20 km downvalley. 
Many jokulhlaups also transport large numbers of 
icebergs. The 1918 flood from Katla, for example, 
was heavily freighted w ith icebergs broken o ff from 
the destabilized margin o f Myrdalsjokull, and left 
blocks o f ice up to 60 m high stranded on the sandur 
surface when it receded (Tomasson, 1996). In places, 
icebergs were so numerous that the water itself could 
not be seen, except where large currents swept for
ward. A t one point, a very large floe was broken from 
the glacier and carried by the flood, and was said by 
eyewitnesses to resemble ‘whole hillocks covered in 
snow’ (Tomasson, 1996).

Damage to settlements and farmland can take 
place at very great distances from the outburst 
source. For example, Mason (1929) reported that the 
1926 flood released by the Himalayan Shyok glacier 
destroyed the village o f Abadan and the surrounding 
cultivated land even though it was at a distance of 
400 km from the outburst source. Similarly, the 
release o f the Marjelensee through the Aletsch Glac
ier, Switzerland, has been responsible for repeated 
flooding o f the Rhone valley as far downstream as 
Lake Geneva. The completion o f a drainage tunnel in 
1896 has since allowed water to be slowly released 
without periods o f storage and catastrophic release 
(Preller, 1896; Collett, 1926; Aubert, 1980).

3.5.2 Jokulhlaup mechanisms
The mechanisms by which jokulhlaups are triggered 
vary with the position o f the water body and the 
nature o f the dam holding back the waters. In partic
ular, different trigger and drainage mechanisms oper
ate for moraine-dammed, ice-dammed and subglacial 
lakes..

Moraine-dammed lakes generally drain by rapid 
incision o f the sediment barrier by outpouring waters 
(Fig. 3.25). Once incision begins, the focusing o f 
water flow through the outlet can accelerate erosion 
and enlargement o f the outlet, setting o ff a cata
strophic positive feedback process resulting in the 
rapid release o f huge amounts o f sediment-laden 
water. The onset o f rapid incision o f the barrier can 
be triggered by waves generated by glacier calving or 
ice avalanching, or by an increase in water level asso-

_ boutry (1971) reported that the 200,000 m of 
» лег released by the French Tete Rousse debacle in
I >92 brought with it  800,000 m3 o f sediment, and 
Lliboutry et al. (1977) reported that the Peruvian 
- “.carurish flood in 1950 discharged 2,000,000 m3 o f

- -:er and 3,000,000 m3 o f sediment after the failure 
: a moraine impounding a proglacial lake. S.G. 

Evans and Clague (1994) reported several examples 
: catastrophic proglacial lake drainage in British 

Г iumbia where debris flows up to 20 m thick, rather
Fig. 3.25 Mechanism o f moraine dam fa 
from  Lliboutry e t a/., 1977)

'€■ Redrawn
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ciated with glacier advance. For example, an ice 
avalanche from the Langmoche glacier, Nepal, in 
August 1985 triggered the drainage o f a moraine- 
dammed lake, and the resulting flood destroyed 
houses, bridges and a small hydroelectric plant 
(Vuichard and Zimmerman, 1986, 1987). In Peru, 
outburst floods from moraine-dammed lakes have 
been responsible for the devastation o f downvalley 
settlements and huge loss o f life  (Lliboutry et ciL,
1977), and spectacular examples o f moraine breach
ing and downstream flooding from proglacial lakes 
in British Columbia have been reported by Clague et 
al. (1985) and S.G. Evans and Clague (1993, 1994). 
The risks o f outbursts can be dramatically reduced 
by the installation o f outflow pipes, allowing the 
waters to drain away continually, although this may 
not be economically viable in remote areas in poor 
countries.

Ice-dammed lakes may also drain following failure 
o f the dam, or when water erodes or melts an over
flow channel into the dam surface. Maag (1969) 
reported that lakes dammed by subpolar glaciers on 
Axel Heiberg Island in the Canadian Arctic emptied 
by drainage over the glacier surface, along the ice 
margin or through neighbouring cols. The discharge 
curves o f such lakes display rapid increases up to a 
maximum followed by a gradual decrease (Fig. 
3.26a). Some ice-dammed lakes drain slowly, such as 
that at the margin o f Sydgletscher, south Greenland, 
which took 14 days to empty in 1981 at an average 
rate o f 200 m3 s- ' (Dawson, 1983). This can be com
pared with the peak discharge o f Graenalon, the 
largest ice-dammed lake in Iceland and located at the 
margin o f Skeidararjokull, which usually takes 
approximately nine days to empty and attains peak 
flows o f 6000 m3 s ' (Thorarinsson, 1939, 1956b).

Most ice-dammed lakes and subglacial cupolas 
drain rapidly via channels at or near the bed as the 
result o f changes in the glacier hydrological system 
or changing relationships between pressure condi
tions in the water reservoir and the surrounding ice.

Davs

Fig. 3.26 Jokulhlaup hydrographs, (a) Ice-dammed lake 
outbursts: late Pleistocene flood from  Lake Missoula, Wash
ington (estimated); Lake Donjek, Alaska; Tragedy Canyor 
BC; Russell Glacier, Greenland; Between Lake, Axel Heiberr 
Island; Marjelen See, Switzerland, (b) Grimsvotn subglac'= 
lake, Iceland. (Redrawn from  Bjornsson, 1992)

Nye (1976) developed a mathematical model o f ice- 
dammed and subglacial lake drainage, which ha 
been modified by Spring and Hutter (1981) an; 
Clarke (1982). According to this model, dramas, 
beneath the glacier w ill be initiated i f  the hydraui;. 
potential along a possible drainage pathway benear 
the ice dam is less than that in the reservoir. Watr- 
w ill then be driven from the reservoir beneath tr : 
ice along the hydraulic gradient. This theoretic. 
condition w ill be met when the lake attains a crit 
cal depth, approximately 90 per cent o f the thick- 
ness o f the ice dam, at which hydrostatic pressure . 
the lake bottom is just enough to support the weigri 
o f the ice dam at its thinnest point. The threshold 
condition for drainage initiation for the case o f _ 
subglacial cupola can be visualized by examining 
Fig. 3.3c. Drainage o f the cupola w ill commer... 
when lake growth reduces the width o f the ice da-  
(W) to zero. A t that point, water w ill begin to fl i 
out o f the reservoir along the hydraulic gradient 
towards the glacier margin.
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Once water begins to escape from the reservoir, it 
can enlarge the subglacial drainage pathway by melt
ing the surrounding ice, either by the mechanical 
energy o f the rushing waters or by thermal energy 
Bjornsson, 1975; Nye, 1976). Thermal energy may 

be particularly important in geothermal areas, where 
lake waters may have been warmed well above the 
melting point (Bjornsson, 1992). The enlargement of 
the drainage pathway allows more water to escape, 
which accelerates the melting o f the tunnel walls, 
thus setting up a catastrophic positive feedback 
process allowing most o f the water to drain from the 
lake. Lake drainage w ill cease either when the lake is 
empty or when the tunnel is closed o ff by ice creep 
i see Section 3.2.3.2). Creep closure is most effective 
when there is a large difference between the ice over
burden pressure and the water pressure within the 
tunnel.

This model compares well w ith observations of 
;okulhlaup flood hydrographs from a wide variety of 
:ce-dammed and subglacial lake drainage events. 
Hydrographs typically rise rapidly to a peak dis
charge and then terminate abruptly (Fig. 3.26b; Rist, 
1955; Thorarinsson, 1957; Larsen, 1959; Whalley, 
.971; Mathews, 1973; Mottershead, 1975; Theak- 
^one, 1978; Clarke and Waldron, 1984; Sugden et 
j L, 1985; Russell, 1989; Bjornsson, 1992). The rapid 
rise in discharge documents the progressive enlarge
ment o f ice tunnels by the draining water, and the 
abrupt termination in jokulhlaup hydrographs marks 
either emptying o f the lake or creep closure o f the 
drainage tunnel. Jokulhlaup hydrographs contrast 
markedly with subaerial stream flood hydrographs, 
which rise rapidly in response to rainfall and then tail 
o ff slowly after the rainfall event, owing to the slower 
evacuation o f groundwater. Where lake drainage is 
complete, tunnels may remain open for some time, 
delaying refilling o f the lake. This is particularly 
common where the ice dam is thin, and creep closure 
rates correspondingly low (e.g. Mottershead and 
Collin, 1976; Russell, 1989). Observations on Nor
wegian temperate glaciers by Liest0l (1955) suggest 
that subglacial outlet channels w ill remain perma
nently open once the ice dam thickness drops below 
c. 50 m.

The Nye (1976) and Clarke (1982) model has been 
tested by Bjornsson (1992) using empirical data from 
several ice-dammed and subglacial lakes in Iceland. 
The model yields good approximations to the 
observed sequence o f events for many jokulhlaups, 
but w ith some important differences:

1. Lake drainage can commence before the water 
level reaches the critical threshold required to 
overcome the theoretical ice overburden pressures 
below the ice dam. Instead, drainage begins when 
the effective overburden pressure below the ice

dam is still greater than the hydrostatic pressure in 
the reservoir. This indicates that such jokulhlaups 
are not triggered by simple flotation o f the ice 
dam, but probably also involve pre-existing weak
nesses in the ice or reorganizations o f the sub
glacial drainage system in the area surrounding 
the reservoir (Rothlisberger and Lang, 1987; 
Bjornsson, 1992). Fowler and Ng (1996) have 
argued that the trigger mechanism is a switch in 
the subglacial hydrology below the dam from 
Darcian porewater flow through porous media on 
the bed, to a distributed canal system at the 
ice-bed interface. This switch is thought to occur 
when the effective pressure falls to a critical low, 
but non-zero, value. Once the switch has occurred, 
it is like opening a tap, and the flood proceeds. 
Elaboration o f this intriguing model awaits further 
study.

2. Measured hydrographs tail o ff much more rapidly 
from peak discharges than predicted by the theory, 
indicating that the jokulhlaups are not terminated 
simply by the creep closure o f cylindrical tunnels. 
Bjornsson (1992) suggested that rapid flood ter
mination may reflect the lowering o f a flat floating 
ice lever back on to the bed. Fowler and Ng (1996) 
modelled flood hydrographs from Grimsvotn for 
the case o f broad, shallow channels, and found a 
much better fit w ith the data than for a model 
based on assumed cylindrical channels.

3. Model simulations fa il entirely to describe hydro
graphs o f some jokulhlaups, such as the 1974 
flood from the east Skafta cauldron beneath Vat- 
najokull. In some cases, the empirical data suggest 
that drainage is not by a discrete tunnel system, as 
assumed by the model, but in a combination o f 
discrete and distributed drainage at the bed. Shoe
maker (1992a) has argued that distributed 
drainage systems play an important role in some 
jokulhlaup events, although his ideas have been 
criticized by Walder (1994). It is clear, however, 
that many o f the details o f subglacial drainage are 
poorly known, and require more research.

Walder and Driedger (1995) have proposed a new 
jokulhlaup trigger mechanism based on observations 
o f outburst floods from below South Tahoma Glacier. 
Mount Rainier, USA. On several occasions, destruc
tive debris flows have emerged from the glacier, trig
gered by the release o f meltwater from subglacial 
storage. The flows usually occur during period-■ : 
atypically hot or rainy weather in summer or e_r 
autumn, when large amounts o f water reach the 
from the surface. Walder and Driedger i r e . . 
this sudden water input destabilizes a lir.». 
drainage system at the glacier bed. cau-:rc - - 
to an efficient conduit system, which r_r с _ — - 
ates stored water. The occurrence o f : r  > —e. - _ r : - -
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at South Tahoma Glacier is thought to relate to the 
geometry o f the bed, which may be particularly con
ducive to the formation o f large subglacial cavities.

3.5.3 Jokulhlaup discharges
Because jokulhlaups pose a severe threat to humans 
and human structures, it is important to be able to 
estimate the likely magnitude o f future floods. Sev
eral methods have been devised to predict peak dis
charges, which are the most erosive and destructive 
phases o f floods. Clague and Mathews (1973) calcu
lated a relationship between the volume of water 
released from ice-dammed lakes and peak flood dis
charges, based on a sample o f 10 lakes. This rela
tionship has the form

О™ = 75(V0/106)0'67 (3.9a)
3 — 1where <2raax is the peak flood discharge (m s ) and 

V0 is the total volume (m ) o f water drained from the 
ice-dammed lake.

This formula was applied to the August 1979 
discharge o f glacier-dammed Flood Lake, British 
Columbia, by Clarke and Waldron (1984), yielding a 
theoretical peak discharge of 2150 mJ s~ . This is con
siderably larger than the maximum discharge o f 
1200 m3 s measured at a gauging station 90 km 
downstream. The Clague-Mathews formula has been 
modified by several researchers. For example, Costa 
(1988) suggested the form

2max = 1 13( V,, /1 o6)0 64 (3.9b)

and Desloges et al. (1989) proposed the form

(2max = 179(У0/Ю 6)064 (3.9c)

This method o f discharge prediction is not based on 
any physical mechanism and, according to Clarke
(1986), ‘confounds understanding but seems to give 
reasonable results’ .

Observations o f several outburst floods in North 
America, Iceland and Scandinavia have shown that 
peak flood discharges are between two and six times 
higher than the mean discharge for the whole event 
(Fig. 3.27; Desloges et al., 1989). Thus, i f  the vol
ume o f water released by a flood and the flood dura
tion are known, the mean and peak discharges can be 
calculated. Clearly, this method cannot be used to 
determine the magnitude o f future floods, since their 
duration is unknown. A more physically based way 
o f calculating peak discharges is the slope area 
method, which is based on measurements o f the 
dimensions and slope o f channels during peak flood 
conditions, either from direct observations or geo- 
morphological evidence. First, the peak velocity o f 
the flood is calculated using the Gauckler-Manning 
t “ tula (Williams. 1988):

101 102 103 10-1

Mean discharge (m3 s_1)

Fig. 3.27 Plot o f mean discharge against maximum dis
charge fo r several jokulhlaups. The discrim inating line; 
show the maximum discharge as tw o  and six times the 
mean discharge. The vertical dotted line indicates the est 
imated mean discharge fo r the 1984 joku lh laup at Ape Lake 
British Columbia. (Redrawn from  Desloges e ta /., 1989)

0.67л 0.50 j  /q  i nv - r S In (3.10

where v is peak velocity, r is the hydraulic radius of the 
channel, S is bed slope for a 100 m channel reach, anc 
n is aroughness coefficient known as Manning’s n. The 
hydraulic radius is equal to the cross-sectional area с 
the channel {A ) divided by the wetted perimeter, or the 
perimeter o f the channel that is under water (p):

r = Alp (3.11

Realistic values o f Manning’s n are difficult t 
obtain (Williams, 1988). For sediment-floored chan
nels, bed roughness is mainly a function o f bed mate
rial, particle size and bedform shape, and Manning - 
n can be estimated from the empirical relation

n = 0.038Z)0167 (3.12

where D  is the average intermediate axis (in metre- 
o f the 10 largest particles on the channel floor 
(Desloges et al., 1989).

Once the flow velocity has been calculated, the 
discharge can be found from the continuity equati -

Стах = vA (3.13
where Qm;a is peak discharge, v is peak velocity ant 
A is cross-sectional area o f the channel.

Desloges et al. (1989) compared the results o f th e 
Clague and Mathews formula, the mean versus т а ' - 
imum discharge method and the slope area metb:•;
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r jokulhlaups from ice-dammed Ape Lake, British 
Г iumbia. A ll the methods gave broadly comparable 
"esults. The Clague-Matthews method gave a calcu- 
_:ed peak discharge o f 1680 ± 380 m s , the Qmax 

Omean method gave 1080-3240 m3 s 1 and the slope 
-*ea method gave 1534 and 1155 n r s at distances 
f  1 and 12 km from the outlet respectively. Thus it 

-?ems that the Clague-Mathews method w ill yield 
■risonable predictions o f the magnitude o f future 

xls. The other methods cannot be used for predic- 
n. because neither flood duration nor flood depth

- an be known in advance.

3.6 MECHANICAL EROSION BY 
MELTWATER
jia c ia l meltwater can be a very effective agent o f 
;r  vion, in both subglacial and proglacial settings. 
7r.e high sediment load carried by many glacial 
•reams, in combination with rapid, turbulent flow, 

achieve very high rates o f erosion on both hard 
'  с к and sediment-floored channels. The processes 

: erosion can be subdivided into abrasive wear, cav- 
: .irion erosion, fluid stressing and particle entrain- 

’it from cohesionless beds, which are discussed in 
_rn below. Erosional landforms created by fluvial 

_.:ion are described in Section 9.3.4.

3.6.1 Abrasive wear (corrasion)
Rapidly flowing water freighted w ith suspended par

ses and/or bedload can cause considerable damage 
bedrock and cohesive beds by abrasive wear or

- :rrasion. During this process, flakes o f the bed are 
e aged out by the impact o f particles forced against 

bed, resulting in pitting, striation and grooving o f 
ie  bed. Drewry (1986) has presented a detailed, 

_ .lantitative review o f abrasive wear based on models 
-r eloped by engineers to study the damage caused
■ flowing slurries in pipelines. The main factors 
ientified by Drewry in causing abrasive wear are the 

-ngle at which particles hit the bed, flow velocity, 
г л-ticle concentration, particle and bed lithology, and 
re tic le  size.

Angle of incidence
The rate o f wear is strongly dependent on the angle 

which particles h it the bed. For brittle materials,
• -ich as rock at low temperatures, the average wear 
*ate per impact is greatest when the angle o f inci- 
_?nce is 90°, and declines as particle trajectories 
~ake smaller angles with the bed (Tilly, 1969; Allen, 
‘.982a; Drewry, 1986). This means that wear w ill be 
rncouraged by turbulent flow and winding channels, 
x>th o f which result in components o f flow directed

towards the bed. Wear is commonly concentrated at 
bends and hollows in channels, where flow is forced 
to change direction, setting up a positive feedback in 
which such features become more pronounced 
though time. This explains the focusing o f abrasive 
wear responsible for deep, bowl-shaped potholes by 
subaerial and subglacial streams.

Flow velocity
Many experimental studies have shown that wear 
rate increases exponentially with flow velocity. This 
relationship probably reflects the greater number o f 
impact events per unit time, and the greater amount 
o f energy involved in each event.

Particle concentration
Wear rates increase with the concentration o f parti
cles suspended in the flow. A t concentrations typical 
o f glacial meltwater (<1 per cent by weight), the rela
tionship is exponential, although at very high con
centrations (>20 per cent) the erosion rate begins to 
fall off, probably owing to the suppression o f turbu
lence. This indicates that flowing slurries are less 
effective agents o f erosion than ‘normal’ sediment
laden meltwater.

Particle hardness and surface hardness
As for subglacial abrasion, erosion rates w ill increase 
w ith increasing hardness o f suspended particles over 
channel wall hardness. The effects o f this relation
ship can be readily observed in channels cut into 
rocks o f variable hardness. Softer lithologies, such as 
shales, are invariably preferentially eroded in favour 
o f more resistant materials such as massive sand
stones and igneous intrusions.

Particle size
Average wear per impact event increases with the 
size o f the impacting particles, presumably because, 
for constant impact velocity, larger particles carry a 
greater amount o f energy. The precise relationship is 
unclear, however, and must be to some extent depen
dent on the behaviour o f different particle sizes at 
any given velocity (i.e. whether the particles are sus
pended, saltate, ro ll or slide).

3.6.2 Cavitation erosion
In fluid flows, cavitation is the appearance o f bubble^ 
in the flow as a consequence o f variations in the f. 
This usage o f the term ‘cavitation’ should not be cor.- 
fused with its use by glaciologists to describe :he : 
mation o f cavities at the bed o f a sliding _ . . _ 
(Sections 3.2.4.1 and 4.5.3). Turbulent v-. -r , 
over rough beds results in pressure flue :--: - - a 
some regions o f the flow experience h ч  - 
than average pressures. In low-pre<>-_re rer. -
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pressure may fa ll low enough for air dissolved in the 
water to come out o f solution to form bubbles (this 
process is analogous to the formation o f bubbles in a 
bottle o f beer when the top is removed and the 
vapour pressure in the beer falls to atmospheric). In 
streams, bubbles formed in low-pressure regions w ill 
be carried along by the flow until they reach a region 
o f higher pressure, whereupon they may collapse. I f  
this occurs near channel walls, high impact forces are 
produced by short-lived but intense pressure and 
thermal shock waves (Barnes, 1956; Drewry, 1986). 
Cavitation erosion is a well-known process in 
hydraulic engineering, and can cause severe damage 
to pipelines and installations in the form of pitting 
and etching.

A  mathematical discussion o f cavitation has been 
given by Drewry (1986). In general, erosion rates 
w ill increase with bed roughness and flow velocity, 
and decline with the hardness o f the channel walls. 
Rates o f erosion may accelerate through time 
because walls pitted by cavitation damage present 
greater resistance to flow, causing greater turbulence 
and pressure fluctuations, thus encouraging bubble 
formation and collapse. Erosion rates as high as 
20 mm hr~ have been reported for artificial struc
tures (Barnes, 1956). In glacial environments, how
ever, it is doubtful whether erosion by this 
mechanism ever occurs in the absence o f corrasion, 
because glacial streams w ith velocities great enough 
to allow cavitation (several metres per second) 
invariably contain significant amounts o f suspended 
sediment.

3.6.3 Fluid stressing
Flu id  stressing refers to the erosion o f rock channels 
or cohesive sediment-walled channels by forces 
imparted directly by flowing water (Allen, 1982a). 
Hydraulic stresses can prise o ff joint-bounded frag
ments o f resistant rocks or cause plastic deformation 
and failure o f muds. Mud beds can be moulded into 
transverse or streamlined ridges, from which shreds 
and larger masses o f mud can be torn. Alternatively, 
flakes o f mud can be lifted, then peeled o ff and rolled 
downcurrent like a carpet.

3.6.4 Particle entrainment from 
cohesionless beds
As water flows over cohesionless silt, sand or gravel 
particles with increasing velocity, a critical velocity 
is reached at which particles o f a given size are set in 
motion. The velocity at which sediment transport 
begins is known as the threshold of particle motion 
(Allen, 1982a). In essence, entrainment occurs when 
the drag forces imposed by the flowing water exceed 
the resisting forces holding the particle in place

(Allen, 1982a, 1985). The resisting forces are pr: 
portional to the buoyant weight o f the particle, an. 
increase with particle mass, whereas the drag force 
increase with particle surface area. This means th. 
larger particles, which have greater mass relative i 
their surface area, are more difficu lt to set in motk - 
than small ones. Consequently, small particles wi 
be set in motion by gentle flows, whereas large bou 
ders require exceptionally high velocities before the 
are entrained. Flume experiments have allowed the 
construction o f diagrams plotting particle siz: 
against the threshold o f particle motion (Fig. 3.28 

This simple picture is complicated by several fa. 
tors, two o f which are discussed here. First, i f  tfc. 
flowing water is turbulent, unsteady flow conditior 
can act to lif t  particles from the bed temporarily, ma? 
ing them easier to entrain. Second, the shape and cor- 
figuration o f particles on the bed exerts an importa: 
control on the threshold o f particle motion, through ii 
effect on both the drag and resisting forces. For exarr - 
pie, disc-shaped particles aligned with their em
planes at right angles to the flow are subject to thr 
maximum possible drag forces, and so are relative] 
easily entrained. The most stable bed configuration 
which is most resistant to particle entrainment, is on; 
in which particles are arranged like roof tiles, w it: 
their a-b planes dipping at a shallow angle upflo 
(Fig. 3.29). This bed configuration, known as imbr- 
cation, is commonly found in gravel-bed rivers. The
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Fig. 3.28 Particle entra inm ent conditions: relationship 
between tractive force at the stream bed and particle size 
fo r incipient m otion. (Adapted from  Church and Gilbert, 
1975)
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Fig. 3.29 Imbricated gravels on a bar surface, Glen Etive, 
Scotland. W ater f lo w  is from  le ft to  right. (Photo: D.J.A. 
Evans)

process by which grains on the bed o f a river assume 
stable orientations is known as bed armouring.

3.7 CHEMICAL EROSION AND 
DEPOSITION
Chemical processes are increasingly recognized as 
very important agents o f erosion in glacial environ
ments (Souchez and Lemmens, 1987; Sharp et al., 
1995b). Many mineral species can be dissolved by 
meltwater flowing over fresh bedrock surfaces or per
colating through fine-grained sediments, and carried 
out o f the catchment. Solutes can also be redeposited 
by meltwater w ithin a glacial catchment, forming pre
cipitate crusts on bedrock or sedimentary particles.

3.7.1 Dissolution and precipitation
Dissolution is the process by which ions (negatively 
or positively charged atoms or molecules) are 
released from a solid material and become bonded to 
water molecules to create hydrated ions. The dis
solved ions can then be transported as part o f the 
fluid, and may come out o f solution and be deposited 
at a later stage. Positively charged ions (cations) 
form strong bonds with water molecules, creating 
stable molecules, whereas negatively charged ions 
i anions) form rather weaker bonds with water. Many 
common ions are soluble in water, including calcium 
:Ca2̂ ), sodium (Na+), potassium (K +), magnesium 
Mg +) and, to a lesser extent, ions o f iron (Fe), alu

minium (A l) and silica (Si). These ions occur in 
many common rock-forming minerals such as cal- 
cite, feldspar and clay minerals.

When water comes into contact w ith a soluble 
material, dissolution proceeds until the concentration 
o f hydrated ions in the solution reaches equilibrium

with the prevailing temperature and pressure. The 
capacity o f water to hold ions in solution rises with 
falling temperatures and increasing pressures. The 
maximum equilibrium concentration for each combi
nation o f pressure and temperature is known as the 
saturation point. Ions w ill be precipitated out o f 
solution i f  the solute concentration rises above satu
ration point, which can happen i f  water is lost by 
evaporation or freezing, i f  temperature rises, pressure 
falls, or additional solute load is added.

The rate o f solute loss from rock surfaces is also 
influenced by the action o f other physical and chem
ical weathering processes, which can weaken the 
rock or transform minerals into more readily soluble 
form. Rock fracture by frost weathering, subglacial 
abrasion and crushing, and fluvial erosion creates 
fresh rock surfaces providing new sources o f soluble 
ions. Conversely, selective solution o f certain miner
als can weaken the rock as a whole, facilitating future 
rock fracture and the exposure o f fresh chemical 
reaction surfaces. Thus, physical and chemical 
weathering processes can reinforce one another, 
leading to higher overall rates o f weathering than the 
sum o f each acting in isolation. The composition and 
solubility o f some minerals can be altered by reac
tions with water (hydration and hydrolysis) and oxy
gen (oxidation and reduction). For example, iron in 
certain silicate minerals can oxidize, weakening the 
mineral structure and increasing the likelihood of 
ions from the mineral passing into solution in sur
rounding water.

The solubility o f minerals is also controlled by the 
presence o f other substances in the water. For 
instance, the concentration o f free hydrogen cations 
(H+) is an important factor. Hydrogen ion concentra
tion is measured on the pH (potential hydrogen) 
scale; distilled water has a pH o f 7, acidic water (with 
a higher concentration o f hydrogen ions) has lower 
pH values, and alkaline water (with a lower hydrogen 
concentration) has higher pH values. The relation
ship between solubility and pH for different minerals 
is not simple, however. Silica is slightly soluble at all 
commonly occurring pH values, whereas alumina 
(A120 3) is readily soluble only in water below7 pH 4 
and above pH 9.

The presence o f dissolved carbon dioxide (CO- in 
meltwater exerts an important control on the dissolu
tion o f calcium carbonate (CaCO,). Calcium car? n- 
ate, in the mineral form calcite, is the rr._ r 
constituent o f limestone, marble and cha!-.. 
occurs as a secondary mineral in some >and'*. -- 
and shales. It is readily soluble in the r : . - .  .. 
C 0 2, yielding free calcium ions in the : 
reaction:

CaC03 + H20  + CO; -  C- -
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Glacial meltwaters may contain very high concentra
tions o f dissolved C 0 2 because o f high turbulence 
(which aerates the water), low temperatures, high 
pressures, and the release o f C 0 2 from pressurized 
air bubbles trapped in ice. Consequently, dissolution 
o f calcium carbonate (or carbonation) is a very 
important process in glaciated areas underlain by 
calcite-rich rocks.

The abundance o f fine-grained sediment in many 
subglacial and proglacial environments plays a very 
important role in chemical weathering processes. 
Fine-grained sediments have a very large surface 
area, providing extensive reaction surfaces and 
sources o f ions. Combined with an abundance o f 
undersaturated meltwater, the presence o f fresh, 
unweathered rock debris means that there is very 
high potential for dissolution in glacial environ
ments. In a study o f water chemistry at the Glacier 
Tsidjiore Nouve, Switzerland, Lemmens and Roger
(1978) found that supraglacial meltwater which was 
in itia lly  low in solutes approached saturation in 
sodium and potassium after only 30 m o f flow over 
proglacial sediments. Similarly, experimental work 
by Sharp et al. (1995a) showed that solute concen
trations in deionized water rise rapidly on contact 
with fine rock debris, reaching high values within
2-3 hours (Fig. 3.30). Suspended sediment in turbu
lent meltwater streams can also be an important 
source o f solutes, providing a large reaction surface 
area and allowing efficient weathering. In saturated 
waters, suspended particles can also act as surfaces 
on which precipitates can collect, thus allowing 
transport o f solutes by meltwater over and above 
what can be carried in solution.

0 2000 4000 6000 8000 10000 12000 

Time (s)

Fig. 3.30 Concentrations o f Ca2+ and HC03~ ions as a func
tion  o f tim e in a laboratory dissolution experiment. Fine 
rock particles were stirred continuously in deionized water 
in free contact w ith  the atmosphere. (From Sharp et al., 
1995a. Reproduced by permission o f the International 
G aciological Society)

3.7.2 Dissolution and precipitation in 
subglacial environments
Dissolution and precipitation processes can be par
ticularly important in subglacial environments, 
where water is in contact with large areas o f the 
bed, there is an abundance o f fresh rock surfaces, 
and large pressure fluctuations occur on short spatia 
and time scales. Hallet (1976a, 1979b) and Hallet t : 
al. (1978) showed that, where wet-based ice is 
underlain by limestones, dissolution and precipita
tion o f calcium carbonate are intimately associates 
w ith the regelation sliding process. Pressure melting 
o f basal ice on the upstream (stoss) side o f obstruc
tions produces a film  o f meltwater which is com
monly rich in dissolved C 0 2 and low in solutes. A> 
this water comes into contact w ith fresh rock sur
faces and fine-grained debris, it  rapidly becomes 
enriched in calcium ions owing to efficient carbona
tion. The water flows along the bed to the low- 
pressure downstream (lee) side o f the obstruction, 
where freezing occurs (Fig. 3.31). Solutes are no: 
readily incorporated in ice, so they accumulate in the 
remaining unfrozen water. I f  the concentration or 
solutes reaches saturation point, precipitation occurs, 
forming thin layers o f calcium carbonate on rock sur
faces. Such calcite deposits are commonly finely lam
inated, recording multiple refreezing events, and max 
exhibit a variety o f textures and crystal forms depend
ing on the chemical history o f the water (Hallet. 
1976a; Sharper al., 1990).

Similar processes o f solution and precipitation 
operate for other ions in subglacial meltwaters. For 
example, on the forelands o f many Norwegian glaci
ers, brown staining commonly occurs in lee-side 
depressions on gneiss bedrock bumps, and probabh 
represents the precipitation o f iron oxides derived 
from iron-rich minerals such as magnetite and pyrite 
(Fig. 3.32; Drewry, 1986). Silica and manganese pre
cipitates have also been reported (Andersen and Sol- 
lid, 1971).

3.7.3 Chemically based mixing models
Chemically based mixing models have been wideh 
used to derive inferences about glacial drainage sys
tems from the solute content o f glacial meltwaters 
(e.g. Collins, 1979a, b, c; Gurnell and Fenn, 1985: 
Tranter and Raiswell. 1991; Gurnell et al., 1992' 
These models assume that water passing through 
subglacial and englacial components o f a glaciai 
drainage system acquire distinct differences in solute 
content: ‘subglacial' water is expected to have a high 
solute content owing to prolonged contact with fresh 
bedrock and fine rock particles, whereas ‘englacial' 
water is expected to be low in solutes owing to it ' 
origin as debris-poor supraglacial or englacial ice.
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Fig. 3.31 Subglacial dissolu
tion  and precip itation o f cal
cium carbonate (CaC03) in 
association w ith  glacier sliding 
over a wavy bed. Dissolution 
occurs where ice melts in the 
high-pressure upstream sides 
o f bumps, and precipitation 
occurs when w ater is refrozen 
at the low-pressure down
stream sides. (From Hanshaw 
and Hallet, 1978. Reproduced 
by permission o f Science)

0” 12“ 0”
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=ig. 3.32 Dark iron oxide precipitate deposits in form er 
jjbg lac ia l cavities, ice-scoured gneiss, Jotunheimen, Nor
way. Former ice f lo w  from  le ft to  right. (Photo: D.l. Benn)

'•leltwaters emerging at the glacier margin are 
_'sumed to be mixtures o f ‘subglacial’ and 
englacial’ water, with a solute content intermediate 

■■etween the two components. I f  the solute content of 
■_he two meltwater components is known, variations 
n the solute content in the marginal stream can be 
'ed to determine their relative contribution to the 
ixture from the relation

G , C t =  < 2subQ ub +  < 2 en Q n  (3-14)

here <2,, Qmb ancL Gen are the discharge o f the total 
' .nv and subglacial and englacial flow components, 
id Ct, Csub and Cen are the solute concentrations o f 

ie  total, subglacial and englacial flow components 
«Collins, 1978, 1979a).

Measured solute contents o f emerging meltwa- 
-t s  do show systematic variations with discharge, 
dicating that flow component m ixing does occur. 

r gure 3.33 shows variations in electrical conduc- 
ity (an index o f solute content) and discharge for 

e meltwater stream emerging from Gorner- 
z etscher, Switzerland, for a six-day period in 1975.
' lute content is high at times o f low discharge 
‘ dse flow), when the meltwater is thought to con

Fig. 3.33 Temporal variations in electrical conductivity 
(a measure o f solute concentration) and discharge fo r 
the proglaciai stream of Gornergletscher, Switzerland. 
(Redrawn from  Collins, 1979b)

sist mainly o f ‘subglacial’ water, which is rich in 
solutes. Conversely, solute concentrations are low 
during peak flow during the afternoons, when 
solute-poor surface meltwater floods into the sys
tem, diluting the base flow component. Similar pat
terns occur on annual cycles. Solute concentrations 
tend to be high in winter when there is little d ilu
tion o f ‘subglacial’ water by supraglacial meltwa
ter, total discharges are low and residence times are 
long. Sharp et al. (1995b) reported that solute con
centrations in the stream draining the Haut Glacier 
d ’Arolla, Switzerland, are three to seven times 
higher in winter than in summer. However, the total 
stream discharge is very small in winter, so that 
despite high concentrations, the total solute flux in 
winter is low. Metcalf (1986) estimated that f  г 
Gornergletscher, less than 10 per cent o f the anr.-a 
total solute load leaves the glacier between S,- - 
tember and May. ’

Although chemically based mixing model' ; 
useful insights into englacial and subglaj:_l 
dynamics, their usefulness as precise qu^r: _ ■ - 
tools is limited. In particular, Sharp t - . ' 
have argued that the following assumr: ~ 
model are questionable:

Glacier Ice
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1. Two drainage components. Subdivision o f the 
internal plumbing o f a glacier into only two ( ‘sub- 
glacial’ and ‘englacial’ ) components is simplistic. 
As we have seen (Sections 3.4.2-3.4.6), there are 
several possible types o f subglacial drainage 
which are characterized by different rates of 
throughflow and intermediate storage. Further
more, the type o f drainage may change at different 
times o f the year (Section 3.4.4).

2. Unique component chemistries. Most applications 
o f chemical mixing models assume that the ‘sub- 
glacial’ and ‘englacial’ drainage components have 
constant solute concentrations, and that all varia
tions in streams at the snout reflect m ixing varia
tions. However, solute concentrations of 
meltwater within glaciers are known to vary in 
space and time, depending on the storage history, 
flow velocity and in itia l concentration (Johan- 
nessen et al., 1977; Brown et al., 1994).

3. Conservative mixing. Equation (3.14) assumes 
that the total mass o f solutes remains unchanged 
after m ixing o f the two drainage components. This 
is unlikely to be true, however, particularly since 
mixing may occur some distance from the snout, 
and bulk meltwaters are commonly undersatu
rated with respect to abundant reactive minerals.

Sharp et al. (1995a) suggest that the problems asso
ciated with the standard mixing model could be over
come by conducting detailed analyses o f the different 
solute species present in meltwater rather than using 
electrical conductivity measurements, which provide 
only a bulk measure o f solute content. Distinctive 
species with known sources and behaviour (such as 
S04" , which is mainly derived from the atmosphere) 
can then be used in model calculations (Tranter and 
Raiswell, 1991).

3.7.4 Rates of chemical erosion
The abundance o f undersaturated meltwater, exten
sive fresh, reactive rock surfaces and large areas of 
water-rock contact mean that rates o f chemical ero
sion tend to be high in glacierized catchments. Solute 
concentrations in the proglacial meltwater stream of 
the Haut Glacier d’Arolla, Switzerland, indicate that 
surface lowering rates by chemical weathering are 
about 14-16 mm kyr ' (Sharp et al., 1995b). These 
rates are about 25 per cent higher than estimates for 
the adjacent Glacier de Tsidjiore Nouve and compa
rable to those for the Gornergletscher catchment 
(Metcalf, 1986; Souchez and Lemmens, 1987). Even 
higher rates have been reported from the South Cas
cade and Berendon Glacier catchments in North 
America, where runoff is higher than in Switzerland 
Reynolds and Johnson, 1972; N. Eyles et al.,
1 ^S2a i. Although surface lowering rates arising from

chemical weathering are much lower than estimated 
subglacial mechanical erosion rates, they are still 
very high compared with non-glacierized catch
ments. Chemical weathering rates in the North 
American glacier-covered catchments are about three 
times higher than estimates o f the global average 
(Summerfield, 1991; Sharp et al., 1995b). Thus, 
glacierization o f a catchment can be expected to 
increase the chemical weathering rate by increasing 
the throughput o f undersaturated, turbulent water and 
ensuring that meltwaters do not stay in chemical 
equilibrium with available reactive sediment.

High glacial rates o f chemical weathering have 
important implications for climate change. Sharp e: 
al. (1995b) have shown that chemical weathering 
processes act as a significant sink for atmospheric 
carbon dioxide, particularly during peaks o f melt
water runoff. Thus, peaks in runoff during major 
deglacial events could remove considerable amount' 
o f C 0 2 from the atmosphere, which would tend to 
counteract any trend in global climatic warming a: 
that time. Drawdown o f C 0 2 by chemical weathering 
o f the rapidly uplifting Himalayan chain and Tibetan 
Plateau has been proposed as a major mechanism o: 
global climatic cooling during the late Tertian 
(Raymo and Ruddiman, 1992).

3.8 SUSPENDED SEDIMENT AND 
BEDLOAD
In addition to their load o f dissolved ions, glacial 
rivers also transport sediment as suspended load held 
w ithin the flow, and bedload carried along the chan
nel floor. Fast-flowing glacial rivers are capable o: 
transporting huge amounts o f suspended load and 
bedload, contributing to high erosion and deposition 
rates and profoundly altering the landscape.

3.8.1 Suspended sediment
Suspended sediment refers to grains maintained ir. 
transport above the bed. In stagnant water, grains will 
settle under gravity at a rate proportional to their 
diameter, so for grains to remain in suspension ir. 
flowing water, the settling velocity must be balanced 
by a vertical component o f water flow lifting  the 
grains away from the bed. Suspended sediment is 
therefore a characteristic o f turbulent flows, in which 
some o f the flow is directed upward. The maximum 
size o f particles that can remain in suspension will 
increase w ith the turbulence and velocity o f the flow, 
but w ill generally be finer than fine sand or coarse 
silt.

Suspended sediment concentrations in glacial 
streams are not simply a function o f flow conditions.
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however, but also reflect the availability o f sediment. 
For individual flood events, peaks in suspended sed
iment concentrations often occur before peak dis
charges, and concentrations are often lower during 
the falling stage than for similar discharges during 
the rising stage (Fig. 3.34; Gurnell, 1982). This phe
nomenon is thought to reflect the rapid flushing out 
o f available fine-grained sediment from the glacier 
bed and channel floor, and the subsequent depletion 
o f the sediment supply (0strem, 1975b; Drewry,
1986). Alternatively, meltstreams may display brief 
pulses or ‘slugs’ o f suspended sediment that are inde
pendent o f discharge fluctuations, but which may 
reflect sudden release o f sediment from storage due 
to the collapse o f a channel wall or changes in chan
nel patterns. The effects o f flushing can also be recog
nized in seasonal variations in suspended sediment 
concentration (Vivian and Zumstein, 1973; Drewry,
1986). In winter, when meltwater discharges are low, 
suspended sediment concentrations are also low, typ
ically only a few milligrams per litre. Sediment con
centrations rise rapidly with increasing discharges in 
the spring, and may reach a few tens o f grams per 
litre. Concentrations tend to fa ll o ff later in the abla
tion season, even though meltwater discharges can 
remain high, owing to the reduction in available fine
grained sediments.

Where meltwater discharges are high, and loose 
sediment is readily available, suspended sediment 
concentrations can become very high, forming 
hyperconcentrated flows (Saunderson, 1977; Lord 
and Kehew, 1987; Todd, 1989). The suspended sedi
ment is usually o f mixed grain size, up to and includ
ing gravel, and water content is about 20-60 per cent 
by weight (Beverage and Culbertson, 1964; Pierson 
and Costa, 1987). Hyperconcentrated flows are 
therefore transitional between debris flows and nor
mal stream flows (Section 10.4.9). Particles are 
maintained in suspension by various mechanisms, 
including flu id turbulence, but where clay is present,

turbulence is suppressed and cohesive strength 
may play an important role. Flows may be homoge
neous or consist o f two layers, with an upper, low- 
concentration component and a lower, coarse-grained, 
high-concentration ‘carpet’ (Todd, 1989). Deposition 
results from falling shear stresses and flow velocities 
associated with a reduction in stream gradient and/or 
flow depth, and occurs by partial or wholesale ‘freez
ing’ o f the suspension.

3.8.2 Bedload
Fluvia l bedload refers to grains swept along close 
to the bed o f a stream, in continuous or intermittent 
contact with the bed. Three basic modes o f bedload 
transport are possible: sliding, rolling and saltation 
(Allen, 1982a, 1985). Sliding particles retain contin
uous contact with the bed, but undergo negligible 
net rotation. Sliding is most important for disc
shaped gravel particles. Rolling particles are also in 
continuous contact with the bed, but move by rotat
ing like a ball or wheel. Saltation (from the Latin 
saltare: to leap) involves particles taking relatively 
long jumps along the bed, and touching the bed 
only at the start and finish o f each jump. The move
ment o f grains in streams may involve all three o f 
these processes occurring together, but in general a 
sequence o f dominant transport modes from sliding 
to rolling to saltation occurs with increasing driving 
force. When forces tending to l if t  the particle 
exceed the gravitational forces causing settling, con
tact with the bed is lost and particles enter suspen
sion. The forces imposed on particles by a flowing 
fluid are primarily a function o f fluid velocity, 
although fluid viscosity and the presence or absence 
o f turbulent flow are also important factors. A  math
ematical treatment o f bedload transport is presented 
by Allen (1982a).

The grain size and quantity o f sediment that can be 
maintained in motion as bedload increases with dri-
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ving stress, and varies between small quantities o f 
silt for low flows through to heavy loads o f all grain 
sizes up to large boulders for extreme flood events 
(Fig. 3.35). A  study by Ashworth and Ferguson
(1986) at Lyngsdalselva, Norway, showed that bed
load transport was an order o f magnitude higher dur
ing flows o f 10 m' s" than for flows o f 5-8 nV s~ . 
The high discharges often associated with glacial melt 
streams therefore lead to a huge capacity to transport 
sediment. For example, 0strem (1975b) found that 
the meltstream of Nigardsbreen, an outlet o f the ice 
cap Jostedalsbre, Norway, transported c. 400 tonnes 
o f bedload during a 27-day period in the summer of 
1969. A  more subjective impression o f this capacity 
can be gained by standing beside a glacial stream in 
fu ll flood and listening to the deep rumbling o f boul
ders as they crash together and sweep past.

3 5 0 1

« 26/6-11/7 
300- .  12/7-21/7

3.8.3 Bedforms
A characteristic feature o f stream bedload is that 
tends to be organized into distinct patterns or bed
forms, which represent a dynamic equilibriun 
response o f the bed to prevailing flow conditions 
Four basic bedform types can be recognized (Alien 
1983, 1985; Ashley, 1990): plane beds, ripples, dune- 
and antidunes.

Plane beds are subhorizontal surfaces that develop 
in sand under two contrasting flow conditions: ir 
slowly moving shallow water (lower flow regime 
and more rapidly moving deeper water (upper flov 
regime). For the lower flow regime, plane bed- 
develop in coarse to very coarse sand (0.8-2.0 mm 
and are associated with relatively low rates o f sedi
ment transport. In contrast, under upper flow regime

0 0.5 1.0 1.5 2.0 2.5

Water discharge (106 m3 day-1)

Fig. 3.35 Sediment trans
port 'ra ting curve 
obtained fo r the melt
stream o f a small glade- 
(Trollbergdalsbreen) in 
northern Norway, basec 
upon measured da: 
totals during the summe' 
o f 1970. (From 0strem, 
1975b. Reproduced b> 
permission o f SEPM)
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a t  г s. plane beds form in fine to medium- 
i  . .  ̂ '„nds (0.0625-1.0 mm) which are mobilized 
»  . ' :ion carpet with continuous particle move
n t  - er the whole bed. Under these conditions, 
i  - i  ~  ,'tion close to the bed is characterized by 
a  _. :e -piral eddies aligned parallel to flow, called 
Ski. - __r> -layer streaks (Kline et al., 1967; Grass,

- lien. 1982a, 1985). These streaks deform the 
т  - -.to thin, linear grooves and ridges aligned 
p a ri r l to the former flow direction, called parting

F r'es are distinctive small-scale bedforms that
~ n sand finer than about 0.6 mm. The ripple

- . ^re oriented at right angles to the flow, and 
r~  ?e long and relatively straight or have short, 
■. ng crests, depending on flow conditions. Ripple 
« . eiength varies between 0.1 and 0.6 m, and ampli-
3 . - height) up to about 0.04 m (Allen, 1982a,

5 Ripples are generally strongly asymmetrical, 
b tD  long, convex-up upstream (stoss) faces and 

"  >teeper lee sides. Ripples migrate downcurrent 
*> 'e current erodes material from the stoss sides 
. _ -edeposits it on the lee sides, and undergo verti- 

...cretion i f  there is an additional input o f sedi- 
re~.: from suspension (Jopling and Walker, 1968;
- en. 1970).

I- popular usage, the word ‘dune’ refers to large 
j  ridges formed by wind action, but to sedimen- 
rists it also applies to large transverse sand or 
el bedforms developed below water currents. 

_ ".ain types o f these large bedforms have been
■ in  >usly classified as dunes, bars, megaripples and 

.: waves, but it  is now accepted that the general 
dune should be applied to all large transverse 

'■;i:orms, in recognition o f their genetic affinities
- 'hley, 1990; M ia ll, 1992). Dune wavelength 

-_-ges from 1 m to over 1 km, while amplitude

ranges from a few centimetres to several metres. In 
common w ith ripples, dunes are repetitive structures 
and can have long, straight or slightly sinuous crests 
(two-dimensional or 2-D dunes) or short, curving 
crests (three-dimensional or 3-D dunes), depending 
on flow conditions and sediment size (Fig. 3.36b; 
Allen, 1985; Ashley, 1990). Dunes also migrate 
downcurrent in response to sediment transport over 
their stoss surfaces and deposition on their lee faces, 
and can undergo vertical accretion i f  sediment sup
ply is sufficient to cause an excess o f deposition 
over erosion. Dunes can have ripples or plane beds 
superimposed on their stoss surfaces.

Antidunes are bedforms that develop in phase with 
surface waves in rivers. The surface wave presents its 
steepest face upstream, forming a phenomenon 
known by white-water canoeists as a ‘stopper’ 
because o f the effect it has on downstream progress. 
Antidunes are oriented transverse to flow, and may 
consist o f long-crested 2 -D  forms or short-crested
3-D  forms. A  distinctive type o f 3-D  antidune was 
described by Shaw and Kellerhals (1977) and con
sists o f paired mounds joined by a saddle and ori
ented transverse to flow. These antidunes are 
arranged in chains parallel to flow, and form under 
trains o f peaked-up, conical surface waves called 
‘rooster tails’ . Antidunes can migrate slowly 
upstream or downstream.

Experimental studies have demonstrated that 
each bedform type is associated with particular 
combinations o f particle size and flow conditions, 
expressed in terms either o f shear stress or o f flow 
velocity (Fig. 3.37). The boundaries o f such exis
tence fields can be sharp or gradational. Sharp 
boundaries exist at the thresholds separating ripples 
from upper-stage plane beds, dunes and lower- 
stage plane beds, meaning that as flow conditions

Fig. 3.36a The form ation o f 
various types o f climbing rip
ple d r ift  according to  the 
m igration rate and r e  
aggradation rate. e;
climb at the angle 6 - : . :e 
tangent is the mea~ agg-a- 
dation rate V, d' . r e ;  с . ; -5  
downstream гг -i'.s
Vx. (From As- e. er ;  ' r - I  
Reproducec b_. ;•  — 
of Blackv.e S: e "r * :
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indicate a gradual transition beween bedforms a> 
flow conditions change.

3.9 PROGLACIAL FLUVIAL 
SYSTEMS
3.9.1 Discharges and hydrographs
Large variations in meltwater supply combined with 
fluctuations in rainfall and the release o f stored water 
mean that rivers draining glaciated catchments show 
widely varying discharge on several timescales. Dis- 
charge variations occur on daily and annual cycle? 
on an irregular basis because o f the passage o: 
weather systems, and over long time periods, reflec:- 
ing changes in glacier mass balance.

The basic daily pattern o f water discharge fro r  
glaciers into proglacial rivers is driven by the diunu 
temperature cycle. Discharge variation consists o f i  
cycle o f rising and falling flow superimposed on bas 
flow, or minimum daily discharge (Fig. 3.38). Bas: 
flow comes from various sources, including sub-

Median sediment size (mm)
(standardized to 10°C water temperature)

p:g. 3.37 Bedform existence fields, shown as a function o f median sediment size and mean flo w  velocity. (From Ashley, 
: er'Dduced by permission o f the Journal of Sedimentary Petrology)

change there is a sudden jump between the types 
o f bedforms that are stable for any given particle 
size. In contrast, gradational boundaries such as 
that between upper-stage plane beds and dunes

Fig. 3.36b Dune morphology. (A) Two-dimensional dunes; 
(B) three-dimensional dunes. (From Ashley, 1990. Repro
duced by permission o f the Journal of Sedimentary 
Research)
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Hours
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I 2 3 4

Days

: 3.38 Diurnal variations in discharge from  the 
: :  acial stream o f Gornergletscher, Switzerland, showing 
::'essive increase in base f lo w  and diurnal cycle ampli- 

during the ablation season o f 1959: (a) 17-20 May, (b) 
J—' l  June, (c) 23-26 June, (d) 19-22 July. (From Paterson, 
: >  after Elliston, 1973. Reproduced by permission o f 

: ^-gamon)

___:al meltwater, water stored in cavities, meltwater
rtrcolating through snow (including firn in the glac- 

accumulation area), and groundwater (Rothlis-
• r -ger and Lang, 1987). These components vary little 
:c j. day-to-day basis. The superimposed daily cycle 
. ">ists o f those components o f the day’s meltwater
■ at drain rapidly through the glacier system, includ- 
r~ meltwater draining from the glacier ablation area

.-.rough short routeways into main subglacial con- 
-_:ts, and meltwater that drains entirely 
-rraglacially. Daily discharge peaks lag behind the 
me o f maximum melting on the glacier by a few

■ :mrs, the length o f delay depending on the distance 
те water has to travel through and below the glacier, 

_nd the configuration o f the internal drainage net-
ork. Lag times are long for distributed drainage

> stems such as linked-cavity networks, and short for 
rfficient, well-developed channel systems. As the 
-blation season progresses, the development o f sub- 
.lacial drainage networks from distributed systems 
л channelized systems can be reflected in a shift 

: iwards shorter lag times (Rothlisberger and Lang, 
.987; W illis  et al., 1990; Hock and Hooke, 1993). 

Most glaciers exhibit strong seasonal variations in
■ ater runoff, follow ing annual fluctuations in glacier 

' jrface ablation due to changes in incoming solar 
radiation and air temperature. Exceptions are pro

vided by some high-altitude equatorial glaciers, 
where significant melting occurs throughout the year. 
For mid- and high-latitude glaciers, discharges are 
very low during winter when surface melting is 
unimportant, and rise rapidly with the onset o f snow 
and ice ablation in spring. The first flood o f the melt 
season has been termed the spring event by Rothlis
berger and Lang (1987), and is associated with the 
re-establishment o f a connected drainage network 
through and below the glacier, which allows the effi
cient discharge o f meltwater, rainfall and stored 
water. High discharges can be expected throughout 
the summer, particularly during warm, wet weather, 
when snow melt is at a maximum (Fig. 3.39). Dis
charges decline in the late summer, when supplies o f 
stored englacial and subglacial water and low- 
altitude snow beds have dwindled. Runoff falls 
rapidly to low winter levels with the onset o f cold 
weather in the autumn.

Irregular flood events are associated with (a) indi
vidual weather systems, which determine intensity of 
ablation and rainfall, and (b) changes in the glacial 
drainage system (Rothlisberger and Lang, 1987). 
Periods o f rapid ablation are usually associated with 
clear skies in summer, which bring maximum insola
tion and high air temperatures. During sustained 
periods o f hot weather, proglacial discharge hydro
graphs exhibit a steady rise in base flow, reflecting 
the gradual release o f water from the glacier accu
mulation area. Superimposed on this trend are larger 
than usual daily variations, reflecting daily melting 
on the lower part o f the glacier (Fig. 3.39). The high
est weather-related discharge events, however, tend 
to be associated w ith high rainfall during summer 
and autumn storms. Rainfall adds directly to runoff 
in the basin, and also contributes to ice and snow 
ablation by efficiently transferring heat from the 
atmosphere. Such flood events can have considerable 
geomorphological impacts and cause large amounts 
o f damage to property (Maizels, 1995).

Floods due to changes in the glacial drainage sys
tem include those due to the collapse o f englacial or 
subglacial conduits, proglacial ice jams and sediment 
jams, and drainage o f large subglacial and proglacial 
lakes. The collapse o f conduits may result from pro
gressive melting o f the walls, glacier flow, or sudden 
influxes o f water from other sources (Warburton and 
Fenn, 1994), and can initiate the temporary storage 
and/or release o f stored water. Proglacial ice jams are 
particularly common in alpine areas during spring 
ice breakup along river courses. Hewitt (19821 has 
suggested that especially large and destructive fl 
resulting from ice dams tend to occur in the > uthem 
Alaska and Yukon Ranges in North America ^r.j the 
Karakoram Mountains. The largest o f a”  glacier 
floods are those associated with ca tac  rh ic out
bursts from subglacial and ice-damrr.ej iakes. The
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(b)
Fig. 3.39 Variations in (a) a • 
tem perature and (b) proglacis 
stream discharge fo r Haut Glac
ier d'Arolla, Switzerland, fo ' 
the ablation season o f 1989 
Note the low  discharges d u r ir ;  
a cold weather spell in ear . 
August. (From Gurnell et a 
1992)

causes and consequences o f outburst floods are des
cribed in Section 3.5.

Long-term variations can often be related to c li
matic change and associated changes in water stored 
as snow and ice. Meltwater discharges are relatively 
low during cold periods, when storage increases and 
glaciers advance, and relatively high during warm 
periods when storage decreases and glaciers retreat 
(Rothlisberger and Lang, 1987). Discharges w ill be 
highest when deglaciation is rapid, and decline as 
glaciers dwindle and the supply o f stored water is 
exhausted. The reduction in size o f glaciers reduces 
the potential for meltwater yield, as shown by Kasser 
(1973), who found that a 19 per cent decrease in the 
area o f French glaciers between 1916 and 1968 led to 
a 16 per cent decrease in mean summer runoff. I f  
glaciers continue to retreat as the result o f green
house gas-induced global warming, the correspond
ing reduction in meltwater potential may have 
far-reaching consequences for communities depen
dent on this source o f water in the summer months. 
Figure 3.40 shows field systems in the Karakoram 
Mountains, Pakistan, once irrigated by glacier melt
water but since abandoned follow ing the disappear
ance o f glaciers from the catchment.

3.9.2 Proglacial channel networks
Proglacial channel networks have very distinctive 
morphologies, because o f their highly variable dis
charges and generally high throughputs o f sediment. 
Where little  sediment is available, proglacial rivers 
may occupy rock-floored channels, but more usually 
they form networks o f shifting sediment-floored 
channels developed on outwash plains. Outwash 
plains are often referred to by the Icelandic term san- 
dar (singular: sandur), and may be hundreds of 
metres to several kilometres wide. Sandar tend to 
. ■ hibit systematic downstream changes in morphol

Й 1  ,

1
д а й  - « w

Fig. 3.40 Disused fie ld  systems in the  Hunza valley, Pa< 
istan. The presence o f glaciers is crucial to  human activity i-  
many catchments by providing w ater fo r  irrigation d u r ir ;  
the summer months. Agriculture was abandoned in th s 
area when a small glacier in the catchment disappeared 
(Photo: L.A. Owen)

ogy, and have been subdivided by Krigstrom (1962 
into three zones (Fig. 3.41).

1. Proximal zone: here meltwater is confined to _ 
few deep and narrow major sediment-floorec 
channels. These channels may be the extension' 
o f Nye channels developed beneath the margins o: 
the glacier.

2. Intermediate zone: flow is in a complex network 
o f wide and shallow braided channels, shift posi
tion frequently and many contain meltwater onh 
during periods o f high discharge. Some parts or
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: i  3.41 Sandar and proglacial channels, (a) Proximal out- 
«.=:n surface, Stordalen, Norway -  Stegholtbreen in back- 
: : _nd; (b) interm ediate channels on incised sandur, Phillips 

r t  Ellesmere Island. (Photos: D.l. Benn and D.J.A. Evans)

:he sandur surface may be abandoned and inac- 
e. because incision or channel switching has 

iiverted water away. Relict, dry channels are 
■eferred to as palaeochannels.

? Distal zone: channels are very shallow and ill- 
ietined, and often merge to produce sheet flow 
iuring periods o f high discharge.

~~ zones are based upon Icelandic sandar, but can 
. - be recognized elsewhere, such as North America 

g Fahnestock, 1969; Church, 1972; Fahnestock
- Bradley, 1973; Gustavson, 1974). 
renerally, the long profiles o f sandar are concave, 

ci riting  decreasing slope angles in a downstream 
ic-c.;ion. However, complexities may be introduced 
•> rre tributaries jo in  the main reach, or valley con- 
я~ _":ons or moraines interrupt sandur development 
. .. Church, 1972). The downflow decrease in gra-

- : ".: is associated with a reduction in sediment grain 
a  . Fig. 3.42). Gravels predominate in the proximal 
к  ". r. giving way to sand or silt in the distal zone. In
— .. . however, there tend to be only weak correla- 
й - between channel slope and clast size (e.g.

- "^'tock. 1963; Boothroyd and Ashley, 1975;

Fig. 3.42 Some sandar, w ith  the ir typical grain sizes. Skei- 
dararsandur is in southern Iceland, the others are in Alaska. 
(From Boothroyd and Nummendal, 1978. Reproduced by 
permission o f the Canadian Society o f Petroleum Geolo
gists)

Boothroyd and Nummedal, 1978). Possible reasons 
for this are the role o f jokulhlaups and other floods in 
transporting larger grain sizes over longer distances 
than during periods o f normal meltwater discharge, 
and the reintroduction o f coarse material to channels 
by bank collapse.

The channel patterns o f sandar comprise complex 
networks o f shifting channels and bars arranged in a 
braided pattern, although meandering and anasto
mosing patterns have been reported for distal reaches 
where banks are more stable (Boothroyd and Ashley, 
1975; D.G. Smith, 1976, 1983; D.G. Smith and N.D. 
Smith, 1980). In braided reaches, channels are typ i
cally highly unstable and evolve rapidly in response 
to changes in stream discharge and sediment avail
ability (Fig. 3.43). The presence o f non-cohesive. 
easily erodible bank material, a lack o f stabilizing 
vegetation, and high sandur gradients (2-50 m km ) 
tend to produce channels with high width/depth 
ratios and low sinuosity. Channels are separated by 
bars, which become active and subject to erosion and 
deposition only at peak flows. A t other times they
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Fig. 3.43 System diagra-  
showing relationships a - : 
feedbacks between chanrt 
configuration, f lo w  and sec 
ment availability in gravel-be: 
rivers. (From Ferguson a- : 
Ashworth, 1992. Reproduce: 
by permission o f John Wile> S 
Sons)

stand above the active channels and act as stores for 
large quantities o f gravel and sand. In streams where 
sediment loads are highly variable, the channel and 
bar forms may change positions over the course o f 24 
hours, and rapid sediment throughput ensures that 
steady state is never reached. Only large bar forms 
produced by the highest-flow events (perhaps joku lh
laups) may become stable over periods o f years. As 
the water stage lowers after bar deposition, the sur
faces and margins o f bar forms may be dissected by 
stream erosion and thus may be complex forms pro
duced during a number o f cycles o f high- and low- 
water stages.

Successive stages o f channel abandonment, due to 
lateral migration or vertical downcutting, are respon
sible for producing a series o f topographic levels on 
sandur surfaces. These were first documented on the 
Donjek River by Williams and Rust (1969), who sub
divided the sandur surface into four levels (Fig. 3.44):

• level 1 -  main channel level and principal sedi
ment transport route, with little or no vegetation 
cover and bars exposed only at low flows;

• level 2 -  active only during flood stages, with few 
active channels at other times and sparse vegeta
tion cover;

• level 3 -  only low-energy flow during flood stages 
with moderate vegetation cover in humid areas;

• level 4 -  dry islands and interfluves w ith either a 
dense vegetation cover in humid areas or aeolian 
deflation and dune migration.

' ' : . ' ^

■ b S j g j S L  I f  I

Fig. 3.44 Aerial photograph o f part o f the Donjek Ri.e 
Yukon Territory, Canada, showing the fou r topographic e. 
els o f the sandur surface identified by W illiams and R_r 
(1969). (Aerial photograph reproduced by permission т  
Energy, Mines and Resources, Canada)

Other sandur surfaces, o f course, may exhibit mi r; 
or fewer topographic levels, depending on the histc- 
o f aggradation and incision at the site.
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3.9.3 Bar formation and migration

3ars are dynamic stores o f sediment interact w ith the 
лег flow through the system. Bar growth occurs 
r.en in itia lly  small irregularities in a channel are 

-~p lified  by the deposition o f sand or gravel, creat- 
ng conditions favourable to continued accumulation 
: sediment. Conversely, bar erosion w ill occur when 

•_ne bar form is no longer in equilibrium with flow 
. :nditions and sediment is removed from the system. 
Erosion and deposition can occur simultaneously,
• ith sediment being lost from some parts o f the bar 

J id  gained in others. Erosion and deposition can 
■esult in downstream bar migration, where the bar 
.ravels in a downstream direction by erosion o f the 
-pstream face and deposition on an advancing 
.valanche face on the downstream side; or lateral 
accretion, where sediment deposition occurs on one
- :de o f the bar.

Bar formation can occur by deposition o f material 
n midstream, or by erosional dissection o f pre-exist- 
ng topographic highs (Ashmore, 1991; Ferguson, 
-993; Maizels, 1995). Bar initiation by deposition 
-ppears to be a natural consequence o f flow within 

ide, shallow channels, where the shear stress and 
‘ransport capacity o f the flow are low. The stream 

ill deposit sediment preferentially in areas where 
ле shear stress is lowest, forming an obstruction in 
mid-channel or against one bank. The presence o f the 
bstruction w ill divert and concentrate the flow 

.round the incipient bar, thus enlarging the channels 
:■ either side and isolating and encouraging further 

growth o f the bar. Scouring o f the floors and margins 
?f channels remobilizes sediment, providing more 
“ laterial for bar growth in regions o f low shear. Two 
main mechanisms o f bar initiation have been recog

nized (Fig. 3.45; Ashmore, 1991; Ferguson, 1993). 
The first is central bar deposition. This is the classic 
model o f bar formation, in which elongated, migrat
ing sheets o f bedload stall in the centre o f wide, shal
low channels (Leopold and Wolman, 1957). 
Although central bar deposition is often regarded as 
the main process o f bar initiation, Ashmore (1991) 
found that it  was uncommon in flume experiments, 
and occurred only when shear stresses were close to 
the threshold for bedload transport. The second 
mechanism is transverse bar conversion. In this case, 
bar initiation occurs in areas o f flow divergence, 
where bedload eroded from an upstream scour pool 
forms a large lobe w ith prograding downstream 
avalanche faces. Thin bedload sheets stall on top o f 
the lobe, which eventually emerges. Flow is then 
deflected laterally o ff the edges o f the lobe, forming 
a symmetrical central bar. This process was orig i
nally recognized for small-scale, ephemeral pulses o f 
sediment w ithin channels (Southard et al., 1984), and 
is now thought by many researchers (e.g. Ashmore, 
1991; Bridge, 1993; Ferguson, 1993) to be the main 
process o f bar accretion.

Erosional incision modifies existing bar forms, 
and is an important mechanism o f bar evolution 
(Schumm and Khan, 1972; Rundle, 1985; Ashmore, 
1991; Ferguson, 1993; Maizels, 1995). A t high 
stages, part o f the flow may take a short-cut across 
the bar surface, forming minor channels or splays. 
These splays have a steeper gradient than the main 
channels to either side, and tend to be preferentially 
enlarged to form chutes and can eventually form new 
major channels between bar remnants. Sediment 
eroded by splays and chutes can be redeposited in 
lobate forms up to several metres wide (known as 
lobes), which form the nucleus o f new bars (Southard

Fig. 3.45 Bar in itia 
tion  by midchannel 
deposition, (a) Cen
tra l bar deposition, in 
which bedload stalls 
in areas where shear 
stress is low. Black 
patches are pools and 
arrows show flo w  
direction, (b) Trans
verse bar conversion. 
(From Ferguson, 
1993. Reproduced by 
permission o f the 
Geological Society o f 
London)
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et al., 1984). Patterns o f incision associated with the 
development o f splays and chutes on the surface o f 
mid-channel, lateral and diagonal bars are shown in 
Fig. 3.46.

As river discharges fall from high to low flows, 
bars are first eroded and then draped by finer-grained 
sediments. Their largely sand-covered surfaces may 
then protrude from the stream flow. During the 
lower-stage flows, sand accumulation occurs on the 
downcurrent margins o f gravel bars in the form of 
wedge-shaped cross-stratified deposits. Abandoned 
channels formed during late-stage incision o f the bar 
may also be filled with sand and/or silt, and small- 
scale sand bedforms often occur on the bar surface

ACTIVE PARTLY EXPOSED

transverse
bar

point bar or 
river spur bar

point bar or 
lateral bar

bar bar

Fig. 3.46 Bar evolution by the erosional dissection o f mid- 
r-a -ne t. lateral and diagonal bars. (Redrawn from  N.D. 
5 -  1985)

(Williams and Rust, 1969; McDonald and Banerjee. 
1971; Gustavson, 1974; Bluck, 1974).

The processes o f sediment deposition, dissection 
and migration in dynamic channel systems give rise 
to a wide variety o f bar forms, which is reflected in . 
wide variety o f alternative classification scheme' 
(e.g. Collinson, 1986; Ashley, 1990). The most fun
damental distinction is between mid-channel bar 
which form within channels and cause bifurcation of 
flow, and bank-attached bars, which are deposited a; 
channel margins and increase channel curvature 
Such bars can be simple forms known as unit bar 
with simple depositional histories controlled by loc_ 
flow conditions, or larger, complex forms known a 
compound bars or braid—bar complexes, which ha' e 
multi-stage histories o f deposition and erosion (N.D 
Smith, 1974, 1985; Ashley, 1990).

Mid-channel unit bars can be subdivided into ere 
centic bars, longitudinal bars, and transverse bar 
(Fig. 3.46; N.D. Smith, 1985). Crescentic bars ar. 
probably embryonic stages o f longitudinal bar- 
These three bar types develop during high flow 
when the whole channel is submerged, and are di- 
sected during lower flows to form compound medic 
bars. Bank-attached bars can take the form o f pov 
bars, which are produced on the insides o f chann. 
bends and are separated from the channel bank b> . 
chute, and diagonal bars oriented oblique to rive: 
flow. During low flows both types become dissecte. 
by chutes. Because proglacial outwash environmen: 
are very dynamic and individual stream channels are 
subject to constant changes in water discharges, m 
bars in sandar and valley trains are the products < 
multiple depositional and erosional events, and 
therefore o f complex type (e.g. Church. 1972; Blue •
1974, 1979).

3.9.4 Polar sandar
Only a small amount o f research has been undertak. - 
on the polar desert sandar o f Antarctica, even thou;- 
they have been evolving as proglacial systems for _ 
least 500,000 years (Speden, 1960; Calkin, 196-i 
1971; Nichols, 1965, 1971; Rains et al., 1 9 'л 
Mosley, 1988). The evolution o f such sandar is a ver 
slow process owing to the low meltwater discharg 
and negligible precipitation. Transport rates c i 
34001 yr have been estimated for the Onyx River - 
the W right Valley by Mosley (1988), a rate that is n»* 
orders o f magnitude less than for Arctic and alp: 'e 
glacifluvial systems. The morphologies o f p.: _ 
desert sandar have been categorized by Rains ei . I 
(1980) as follows: (a) small outwash fans bel . 
cirque and hanging valley thresholds; (b) small ar . 
discontinuous valley trains interrupted by moraine с
(с) small sandar fans in front o f glacier snouts or 
marginal debris aprons; and (d) continuous, thick
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ind  valley trains, which are very rare (e.g. the 
С1г*ч - \e r in the Wright Valley; Shaw and Healy, 
p m  M "ley, 1988).

^  '  л ork on the Antarctic sandar indicates that 
* r >  rroduced by processes similar to those that 

. . . e Arctic and alpine glacifluvial systems. How- 
s»e :  -if desert sandar may take thousands to tens 
r  ■ _ - ands o f years to develop into forms compa- 

. I" 'ize to those o f Arctic and alpine glacial 
«*■ • ~ rents, which have taken only decades to 
acr-in: _iate.

' -ediments that comprise polar desert sandar 
ж  . - nated by sands to fine pebbles; larger gravel 
■a  _re restricted to short stretches o f river beds
* _ ч the glacifluvial modification o f moraines has 
3 f j  - _,ed a localized lag deposit (Rains et al., 1980) 
j r  « - ere occasional higher discharges have trans- 
p - .  r rreshly weathered material from bedrock out

crops (Shaw and Healy, 1980; Mosley, 1988). 
Despite the small amounts o f precipitation in polar 
deserts, it is presumably possible that lag deposits 
may evolve into tightly packed mosaics or clast pave
ments by a combination o f summer fluvial activity 
and winter snow-packing in a manner similar to that 
described by Davies et al. (1990) for alpine Norway.

Because large-scale and frequent switches o f chan
nel position do not occur on polar desert sandar and 
valley trains, older terraces tend to be covered in 
dense networks o f ice wedge polygons whose growth 
is indicative o f relatively stable, old surfaces. 
Although such permafrost features are most promi
nent on the Antarctic glacifluvial systems (e.g. Black, 
1973; Shaw and Healy, 1980), they also occur in 
High Arctic locations where postglacial isostatic 
up lift has led to outwash incision and terrace aban
donment (e.g. D.J.A. Evans and England, 1993).
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GLACIER MOTION

Ella Valley Glacier.— Section of Face of Glacier.

a. Edge of top overhanging in places as it appears from below.
b. Pure ice of a beautiful green color.
c. Ice white and chocolate color, full of small stones and streaks 

of mud or earth.
d. Apparent snow bank but probably moraine covered with snow.
e. Level of valley, scattered boulders and lumps of ice.
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.3 Deformation of ice 
~ Deformation of the bed
5 Sliding
5 Spatial patterns of glacier motion
7 Temporal variations in glacier motion
8 Surging glaciers
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4.1 INTRODUCTION
One of the most fundamental characteristics o f 
glaciers and ice sheets is their ability to move. The 
deformation and sliding o f glaciers under the force o f 
gravity slowly transfers snow and ice from high- 
accumulation areas and continental interiors to areas 
o f ablation, and allows glacial erosion and debris 
transport to take place. The motion o f glaciers was 
not recognized by the scientific community until the 
nineteenth century, although it must have been com
mon knowledge to the inhabitants o f many glaciated 
areas, particularly those whose farms and houses 
were overrun by advancing glaciers during the L ittle  
Ice Age (Grove, 1988). The first scientific observa
tion o f glacier flow was by Franz Josef Hugi, a pro
fessor o f physics and natural history, who measured 
the progress o f a boulder along Unteraargletscher, 
Switzerland, between 1827 and 1836. His results 
were not universally accepted, however, and scepti
cal commentators suggested that the boulder had slid 
along the surface o f the ice while the glacier beneath 
remained motionless! Subsequent observations 
firm ly established the reality o f glacier flow (e.g. 
Forbes, 1846; Agassiz, 1847; Tyndall and Huxley, 
1857), and the character o f and physical basis for 
glacier motion have remained an important area o f 
research ever since (Clarke, 1987a).

4.1.1 Balance velocities
Averaged over long time periods, ice flow rates are 
governed by the climatic inputs to the glacier and 
the geometry o f the catchment. For an ideal glacier 
o f constant size and shape, ice flow through a cross- 
section must exactly balance the accumulation and 
ablation taking place upglacier. This idea can be 
simply illustrated using the ‘wedge’ concept, which 
represents the mass lost and gained in the glacier 
as two wedges (Fig. 4.1; Sugden and John, 1976). 
The ablation totals increase from zero at the equi
librium  line to a maximum at the lower elevations 
o f the snout, producing a wedge o f ablation. Sim i
larly, accumulation totals increase from zero at the 
equilibrium line towards higher elevations, produc
ing a wedge o f accumulation. In order to maintain a 
steady state, the glacier must rectify the loss o f the 
ablation wedge by transferring mass through the 
equilibrium line. The mass o f each wedge is con
trolled by the snow or ice density, the mass balance 
gradient, and the width o f the wedge (see Section
2.3). Ice discharge through any cross-section on the 
glacier should equal the combined mass o f the 
wedges located upglacier, w ith the accumulation 
wedge taken as positive mass and the ablation 
wedge as negative mass. This can be expressed 
quantitatively as:

A

■x::::jxKThickening 

'wedge' -x-ljv
E quilib rium
line

Glacier movement

Fig. 4.1 The wedge model o f glacier flow . Glacier В Yi 
steeper mass balance gradient than glacier A, so req_ 
higher ice velocities to  balance the mass gained and Ic r  
the tw o  wedges. (M odified from  Sugden and John, 19~:

Qix) = X(wA)
where Q(x) is the discharge through a cross-sec 
at a distance x from the highest point on the gla, 
X  represents ‘the sum o f’ , and w, and b, are 
widths and specific net balances, respectively, of 
cessive points upglacier from x.

The average velocity through a cross-section 
be given by the equation

v(x) = Q(x)/A(x)

where v(x) is the average velocity through cr 
section x, and A(x) is the cross-section area.

Because o f their dependence on mass baL 
velocities calculated in this way are known a' 
ance velocities (Clarke, 1987b). Two imp 
implications stem from this simple model:

1. Ice discharges increase from the head o f the g 
to the equilibrium line, then decrease towar_ 
snout. For a glacier o f constant cross-sectiona 
average velocities w ill fo llow  the same patte—
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1 Discharges and velocities w ill be highest on glaci
ers w ith steep mass balance gradients, or where the 
jccumulation from wide basins is focused into nar
row channels. The influence o f mass balance gradi
ent can be understood by considering two glaciers 

f  identical shape but differing mass balance gradi- 
r::ts (Fig. 4.1). Where the mass balance gradient is 
'teeper, the mass o f the ablation and accumulation 
a edges w ill be greater, thus requiring greater rates 
г throughflow to maintain equilibrium.

several authors have used the mass balance gra-
- . i t  at the equilibrium line as a surrogate for the 

t rgx of glacierization or glacier activity
V-.lmann, 1948; Shumsky, 1950; Meier, 1961; 

V -ie r and Tangborn, 1965; Pelto, 1988). Regional 
\-.ds in mass balance gradients indicate that glaci- 

: in humid, maritime areas should flow faster than 
. _;:ers in arid, cold climates, and that glacier activ- 

decreases w ith increasing latitude and greater 
. "tinentality. This idea was taken further by 

irews (1972), who computed regional patterns in 
r _cier power’ and erosion potential. However, 
- .u s e  o f the influence o f glacier geometry, there 

: simple relationship between mass balance gra-
- and ice discharge. Indeed, some o f the high- 

glacier velocities in the world have been
■ _. rded on Antarctic ice streams, where mass bal-
- .e gradients are very low but ice from huge catch- 

r _.:s is funnelled through relatively narrow outlets
I- .ntley, 1987; Clarke, 1987b).

Measured velocities on glaciers commonly differ
■ ~. calculated balance velocities by varying

amounts (Fig. 4.2; Clarke, 1987b). The differences 
may be small, representing temporary deviations 
from the average on a timescale o f hours, days, weeks 
or months (W illis, 1995), or large, representing major 
departures from equilibrium conditions over years, 
decades or even centuries. A  distinct class o f surging 
glaciers exhibit periodic velocity cycles, with mea
sured velocities oscillating either side o f the balance 
velocity on a timescale o f a few to several years 
(Section 4.8; Meier and Post, 1969; Raymond, 1987; 
Clarke, 1987b; Sharp, 1988a). In contrast, Jakob- 
shavns Glacier, west Greenland, has very similar 
balance and measured velocities, indicating that it is 
close to equilibrium (Bindschadler, 1984; Clarke, 
1987b).

Deviations from the balance velocity occur 
because, in the short term, glacier flow rates depend 
upon the balance between driving and resisting 
forces, which may be out o f phase w ith changes in 
glacier mass (Fig. 4.3). The driving forces consist of 
the stresses generated by the surface slope and 
weight o f the ice, and are therefore influenced by 
gains and losses o f mass. The resisting forces result 
from the strength o f the glacier ice, the contact 
between the glacier and its bed, and the bed itself. 
Over long periods o f time, the driving and resisting 
forces are kept in a natural and dynamic balance by 
glacier flow, and the glacier w ill adopt a surface con
figuration that generates driving forces sufficient to 
overcome the resisting forces and balance the mass 
budget o f the glacier. The resisting forces, however, 
may undergo temporary and rapid changes, mainly 
because o f variations in water input and storage at

000 - I

500 -

te Glacier 
\oy

0 -f-------- r
Variegated (quiescent) Ice Stream С 

— P -------- ,----------,--------- 1---------<?--------- .--------
0 500

Balance velocity

— i
10 0 0

Fig. 4.2 Comparison o f bal
ance velocities and mea
sured velocities fo r selected 
glaciers (in m y r '). Jakob- 
shavns Glacier and W hite 
Glacier p lo t close to  the 
diagonal line (where bal
ance and measured veloci
ties are equal) and are thus 
almost in equilibrium  w ith  
climate. Ice Stream В is f lo w 
ing faster than expectec 
and Ice Stream С s much 
slower than expected. The 
surging Variegate:: G acier 
oscillates from  one part o f 
the diagram to  a ^ c :"e r on a 
cycle o f several years. (Data 
from  Clarke 1987b]
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(b) (с)

the bed. As a result, the glacier may speed up or slow 
down over varying timescales, leading to velocities 
that differ from those predicted from mass balance 
alone. Velocity fluctuations and surges and their 
causes are examined in detail in Sections 4.7 and 4.8. 
First, the character o f driving and resisting forces, 
and the processes o f glacier motion, are discussed in 
Sections 4.2-4.5. Spatial variations in flow rates are 
examined in Section 4.6.

4.2 STRESS AND STRAIN
The concepts o f stress and strain are fundamental to 
a clear understanding o f why and how glaciers 
move, and o f many aspects o f their interaction with 
the landscape. The words ‘stress’ and ‘strain’ are 
often used interchangeably in everyday language, 
but in scientific usage their meanings are quite dis
tinct. Stress is a measure o f how hard a material is 
being pushed or pulled as the result o f external 
forces, whereas strain measures the amount o f 
deformation that occurs as the result o f stress. A  
fam iliar example o f this distinction is what happens 
when a tube o f toothpaste is squeezed. The tooth
paste comes out because o f deformation (strain) 
resulting from squeezing o f the surface o f the tube 
(the stress). A  complete description o f the stress and 
strain in part o f a glacier (or toothpaste tube) 
requires consideration o f the forces acting in all 
directions on the material, and the whole range of 
resulting deformations. The approach adopted here, 
however, considers only those components o f stress 
and strain which are central to an understanding o f 
glacier behaviour. Good descriptions o f stress and 
strain in ice and rocks are provided by Paterson 
' 1994) and Twiss and Moores (1992), while a very 
retailed analysis is presented by Hutter (1983). Also 
re.^mmended are two highly readable books by 
7- (1976, 1978), which give lively accounts of

Fig. 4.3 Schematic d г 
grams showing the ve rti:; 
d istribu tion o f velocity *: 
glaciers moving by d iffe re- 
mechanisms: (a) ice defo-- 
mation only; (b) ice defer- 
mation and basal s lid r :  
and (c) ice deform atic- 
basal sliding and d e fo r r ;  
tion  o f subglacial sedime^~ 
(From Boulton, 199c: 
Reproduced by permiss : • 
o f the International Glac : 
logical Society)

consequences o f stress and strain in a wide varierj 
o f fam iliar materials and structures.

4.2.1 Stress
To understand stress, it is useful to begin with 
concept o f force. Force can be thought o f as the ph 
ical influences which change, or tend to change, 
state o f rest or uniform motion o f a mass, and s 
defined as mass times acceleration. For example, i 
downward force at the base o f a block o f ice rest та 
on a surface is the product o f the mass o f the bl с 
and the acceleration due to gravity. The unit o f m> 
used in this book is the kilogram (kg) and that i  
acceleration is metres per second per second (m - 
so the unit o f force is kg m s , or the newton 
Now, when a force acts on a surface, the intensii;. 
its action depends on the area over which it 
distributed. This distributed force is the stress, w r 
is defined as force per unit area. A  given force ac: 
on a small area results in a larger stress than the 
force acting over a large area (Fig. 4.4). For exar .

Fig. 4.4 M onty the Mammoth is safely supporter : • 
block w ith  cross-sectional area A „  but breaks a tab k  
w ith  the much lower cross-sectional area A2. f 
Monty's w e igh t must be supported by a smaller a -r: 
exerts a greater stress and thus falls to  the f lo o r 
acknowledgements to  Twiss and Moores, 1992)
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2
x • g block o f ice w ith a basal area o f 10 cm exerts
. -глег stress on the surface on which it rests than — 2 
■. -ime mass o f ice with a basal area o f 100 cm".

e -m e  effect explains why stiletto heels cause
re iamage to floors than flat-soled shoes. A  com-
• ■ used unit o f stress is the pascal (1 Pa =

- ' • ~  "), although for the high stresses encountered
■. ^ase o f glaciers it is more useful to employ the
rascal (1 kPa = 1000 Pa). Another unit o f stress

*  • ch is often used in glaciological studies is the bar
I r j  = 100kPa).

~~e stress on a surface can be resolved into two
a  -ponents: the stress acting at right angles to the

. _ _;e (the normal stress) and that acting parallel to
- - .irface (the shear stress', Fig. 4.5). For equilib-

■ - rr conditions, the stress on a surface consists o f
;_ual and opposite tractions acting on opposite

■ j r '  o f the surface. In the case o f normal stresses,
t.c : a o  opposing tractions either press the material
v  . .  :ner across the surface (compressive stress), or
e-c to pull the material apart across the surface
■J - le stress). For shear stresses, the tractions are
' .  el. but act in opposite directions.

A t the base o f a glacier, the normal stress acting on 
the bed is mainly the result o f the weight o f the over- 
lying ice. I f  the slope o f the bed is small, the normal 
stress (which is compressive) may be approximated as

a = p; gh (4.3)
_ o

where p, is the density o f the ice (c. 900 kg m ), g is 
gravitational acceleration (9.81 m s ) ,  and h is the 
ice thickness (m). For h = 100 m, the normal stress 
would be c. 882.9 kPa.

In simple terms, the average shear stress at the 
base o f a glacier is due to the weight o f the overlying 
ice and the slope o f the ice surface. For small bed 
slopes, the shear stress can be approximated as

г = pi gh sin a (4.4)

where a is the surface slope o f the ice. For h = 100 m 
and a = 6°, the basal shear stress xb would be c. 92 kPa.

An important point to note about these simple 
formulae is that in both cases, the stress increases 
w ith ice thickness (h). This means that the normal

Definitions

A push or a pullForce components 

> -------- ►

Traction components Force per unit area on a surface of a specified 
orientation (a measure of force intensity)

Г 5 _г:зсе stress 

*

Surface stress 
components ,

A pair of equal and opposite tractions acting 
across a surface of specified orientation

\ T
I  Sbar stress A pair of tractions acting parallel to a surface

5. 4  c— stress 

v t
A pair of tractions acting at right angles to a surface

i

C-TKDpressive

1
Tensile

Fig. 4.5 The concept o f 
stress, including force, stress 
components, traction, and 
normal and shear stresses 
(compressive and tensile). 
(M odified from  Twiss and 
Moores, 1992 Table 8.1)
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and shear stresses in a glacier increase linearly from 
the surface towards the base, a point that has pro
found implications for glacier behaviour, as we shall 
see.

In reality, the stresses within and below glaciers 
are liable to differ from those given by the above 
formulae. Two factors are o f particular importance. 
First, undulations o f the glacier bed w ill result in 
marked stress variations, because the magnitudes o f 
the normal and shear stresses acting across a surface 
depend on its orientation relative to the applied 
force. Therefore, for a rough bed there w ill be areas 
where stresses are higher than average and others 
where they are lower than average (Fig. 4.6). Areas 
w ith higher than average stresses are known as 
stress concentrations, and have important implica
tions for processes o f subglacial erosion and deposi
tion (Chapter 5). The second major factor that can 
modify the stresses at a given point in a glacier is the 
pushing or pulling effect o f the upstream and down
stream ice. This effect is known as the longitudinal 
stress, which is compressive i f  the ice is slowing 
down and tensile i f  the ice is accelerating. Because 
the longitudinal stress is, by definition, approxi
mately parallel to glacier flow and the surface slope, 
its principal effect is to modify the shear stress 
(where bed roughness is high, the longitudinal stress 
w ill also significantly affect the normal stress). A  
theoretical method for calculating longitudinal 
stresses is given by Nye ( l 969b) and Paterson 
(1994). Empirical studies have shown that the influ
ence o f longitudinal stress can be incorporated in 
equation (4.4) i f  glacier thickness (h) and slope (a) 
are averaged over distances o f 8 to 16 times the glac
ier thickness (Bindschadlere?«/., 1977).

Fig. 4.6 Variation o f normal stress over a wavy bed. Nor
mal stress fluctuates around the average value, and is great
est on the upstream sides o f bumps and lowest on the 
do'iV"stream sides

4.2.2 Strain

As already noted, strain is the change in shape (and 
size) o f a material due to stress. Different materials -  
such as ice, water, sediments and rocks -  exhibit . 
wide variety o f strain responses to a given stress 
some w ill flow quickly, some w ill flow slowly, som- 
w ill break, and yet others may appear to be una:- 
fected. In fact, all materials undergo strain o f on. 
type or another when placed under stress, no matte - 
how small. It is useful to divide strains into two basi. 
types: recoverable, or elastic, strains, and irrecover
able, or permanent, strains. Elastic strain refers to - 
temporary change in shape o f a material, which las: 
only as long as stress is applied. Once the stress 
removed, the material goes back to its original shape 
This type o f strain is not confined to familiar 
‘springy’ materials such as rubber or the spring in - 
shock absorber, but is also a characteristic o f appar
ently rigid materials, such as a concrete pavement - 
bedrock at the base o f a glacier. Although the change 
in shape o f a material may be very small, the applie. 
stress causes the compression or stretching o f mole
cular bonds, resulting in the storage o f strain eners 
This stored energy provides the traction to balan^. 
that exerted by the external force, which is why ye. 
do not fa ll through the pavement when you walk 
along the street (Gordon, 1976). A t some critic^ 
level o f stress, which varies widely between differer 
materials, the stored strain energy w ill be releasee 
resulting in permanent deformation or failure. Tie 
stress above which permanent deformation occurs ■ 
the yield stress (which may be zero for some mater 
als). Permanent deformation may take the form t 
brittle failure, where the material breaks along a f i x 
ture, or ductile deformation, where the mater _ 
undergoes flow or creep (Fig. 4.7). The processes ( 
brittle failure and ductile deformation are o f gre_ 
importance for glacier flow, erosion and deposition, 
and are discussed in detail in later sections o f th:> 
book.

Deformation o f a material may or may not invol г 
changes in its volume. Deformation with volume 
change is known as dilation, which may consist f  
expansion or contraction. Deformation without vc - 
ume change is termed constant-volume deformatu 
As noted in Section 2.2.2, the transformation o f sni » 
to ice in the accumulation area o f a glacier results - 
a decrease in volume and an increase in densin f 
the snow. Where melting and refreezing are neglig 
ble, this contraction (or consolidation) occurs i 
response to the normal stresses imposed by the 
weight o f the overlying snow. Once formed, glacier 
ice is essentially incompressible; therefore any de: r- 
mation w ill be constant-volume strain.

The amount o f strain experienced by a materia] » 
measured by comparing its shape and size before a- .



я  : - leformation. The patterns o f deformation asso- 
a .... ;  ith glacier flow may be highly irregular, but 
л er. relatively simple, particularly i f  small time 
я r~ '  or volumes o f material are considered. Two 
я  - I strain commonly associated with glacier 
iu4 _:e pure shear and simple shear (Fig. 4.7). Pure 
•л . ' r.volves flattening or stretching a material 
p a r  compressive or tensile stresses. As shown in
* -  ". the orientation o f lines drawn parallel and 
■» ■ to the applied stress remains constant as the 
n . r~al is flattened or stretched. In contrast, defor-
u . f  by simple shear resembles the shearing o f a 
p .. • f  cards, in which the rectangular side o f the 
it :-> changed to a parallelogram. This type of 
л. rr.ation occurs in response to shear stresses, and 
rr . es the rotation o f all lines drawn through a 
n  . r -a l except those parallel to the shear plane. The 
■те ; f  strain occurring near the beds o f glaciers
*  _ - closely resembles simple shear.

■ e method o f measuring the amount o f strain in 
a . “ tied materials differs for pure and simple shear. 
Srr-.tt resulting from pure shear is measured using 
. ■ . - .res in the length o f lines, whereas strain from 
я* : e shear is measured using changes in angles.
*  ~eti studying glacier movement, we also need to

the amount o f strain that occurs per unit of 
за . . termed the strain rate. The strain rate o f most 
■-■-rally occurring materials rises with increasing 

*;>>. in either a linear or a non-linear fashion. Mate

rials can be classified according to how their rate o f 
strain varies with increasing stress: some examples 
are shown in Fig. 4.8. The net amount o f strain 
occurring in a given time interval is known as the 
cumulative strain. It is important to note that the 
cumulative strain depends on both the rate and the 
duration o f strain. For example, high cumulative 
strains can result from low strain rates sustained over 
a long period or high strain rates lasting only a short 
time.

4.2.3 Processes of glacier motion
The movement o f glaciers results from permanent 
strain o f the ice and the glacier bed in response to 
stress. Strain may occur by (a) deformation o f the 
ice; (b) deformation o f the bed underlying the glac
ier; or (c) sliding at the ice-bed interface. Movement 
at the surface o f a glacier is the cumulative effect o f 
these processes acting singly or in combination (Fig.
4.3). Recent research has resulted in a huge increase 
in knowledge o f the processes o f glacier motion, but 
many questions remain about the precise conditions 
that control strain rates and hence rates o f glacier 
movement. This is partly because resistance to flow 
depends on several interacting factors -  such as 
temperature, debris content o f the ice, bed roughness 
and water pressure -  but mainly because data on 
actual conditions w ithin and below glaciers are

3-ittle deformation

= Ductile deformation
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record substantial changes in the shape o f layered ice 
during flow (Fig. 4.9; Hudleston, 1976; Hambrey an. 
Milnes, 1977). Relationships describing the respond 
o f ice to stress, or flow laws, have been established ir 
numerous laboratory studies. The most widely usee 
flow law is known as Glen’s law (Glen, 1955), whicr 
was first adapted for glaciers by Nye (1957). Glen' 
law can be written as

s = A t" (4.5

where e represents the strain rate, A and n are con
stants, and I  is the shear stress. The first parameter.
A, decreases dramatically w ith ice temperature (Fi _ 
4.10), showing that the colder the ice, the less re t:- 
ily  it deforms. This is because creep processes ar: 
most effective when melting occurs at grain bour._ 
aries. The flow law exponent n also varies, but is u>. 
ally close to 3, which means that the strain rate ■ 
proportional to the cube o f the shear stress. I f  th:

0 50 100 150

S hear s tress  (kPa)

Fig. 4.8 Stress-strain relationships fo r  d iffe ren t types o f 
material, (a) Perfectly plastic material, which remains rigid 
until the shear stress reaches the yield stress (100 kPa in this 
case), when it deforms instantaneously; (b) Newtonian vis
cous material, fo r  which the strain rate is linearly propor
tional to  shear stress; (c) non-linearly viscous material, such 
as ice. (M odified from  Paterson, 1994)

extremely difficu lt to obtain. Present knowledge on 
glacier movement has resulted from mathematical 
and numerical modelling, experimentation with 
blocks o f ice in the laboratory, measurements made 
in boreholes through modern glaciers, geophysical 
studies, lim ited direct observations in natural or arti
ficial subglacial cavities, and interpretation o f sedi
ments and landforms in formerly glaciated areas.

4.3 DEFORMATION OF ICE
Deformation o f ice refers to changes in the shape o f 
a region o f glacier ice in response to stress, and can 
consist o f creep or fracture.

4.3.1 Creep
Creep is deformation that results from movement 
w ithin or between individual ice crystals. Ice creep 
resembles the deformation o f metals at temperatures 
close to their melting point, and results from the 
interaction o f several complex processes (Weertman, 
1983: Alley, 1992a). Briefly, movement w ithin crys
tals may occur by gliding along cleavage planes (lines 

f  weakness related to the molecular structure o f the 
_ r. stal) or movement along crystal defects, whereas 
— . ement between crystals involves changes in shape
- '.ze by recrystallization at grain boundaries. The 

o f creep are strikingly illustrated by the fold 
often exposed on glacier surfaces, which

Fig. 4.9 Fold structures, such as these exposed in the b i : = 
ice o f a subpolar glacier, Phillips Inlet, Ellesmere Island, : 
vide striking evidence fo r the deform ation o f ice. (Ph:_i  
D.J.A. Evans)
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T em p era tu re

Fig. 4.10 Variation o f f lo w  law parameter A (s~ <: = " 
w ith  ice temperature. Note the logarithm ic scale o f the - 
law parameter. Note how the log-linear relationship tin  a  
down near the melting point. (Data from  Paterson, '
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d~e^r stress is doubled, for example, the strain rate 
■creases eightfold (Fig. 4.8). In practice, it is unre- 
. ::c to think in terms o f a single flow law for ice, 

-_'jse several processes contribute to creep, and 
ire it relative importance changes in space and time.
* *;• general flow law would have to be unmanage- 
. :  complicated, and it is therefore necessary to 
■i —.ulate different ‘flow laws’ depending on the dom-
bir.t processes o f creep (Alley, 1992a).

In glaciers, two major factors may cause strain 
~ to differ from values predicted from laboratory 
r  '--riments: (a) the orientation o f crystals in the ice, 
л- :  b) the presence o f impurities. Ice crystals exhibit 
ж r-.dency to split in one particular direction, owing 
к -he presence o f parallel cleavage planes controlled 
i? :he molecular structure. In fact, ice crystals w ill 
. . \ r m  along such cleavage planes 100 to 1000 

more easily than in any other direction (Weert- 
. 1973). Therefore, in polycrystalline ice, strain 

i are sensitively dependent on the aggregate ori- 
; ■ _tion of ice crystals, a property known as the ice 
шг sial fabric. A  sample o f polycrystalline ice in 
» ‘ :ch large numbers o f crystals have cleavage planes 
i -red parallel to the shear stress (i.e. w ith a strong 
нгпс) w ill deform more easily than ice with ran-
- mly oriented crystals (a weak fabric; Lile, 1978; 
I  -"e ll-Head and Budd, 1979; Duval, 1981). Indeed,

. 1978) found that strain rates in ice with a well-
- : eloped crystal fabric may be up to 10 times faster
■ in  those predicted by Glen’s law. Favourable crys-
- rubrics may develop in ice under steady applied 

■resses as the result o f crystal rotation and recrystal- 
x  _::on (Alley, 1992a; Paterson, 1994). In addition,

■ ' ‘.al defects may grow (propagate) parallel to the 
. “.-.lion o f shear, adding to the progressive weaken- 
n z o f ice or work softening. Because different parts 
;i _ glacier w ill have been deformed at different rates 
icc  at different times, crystal fabrics and strain 
-i-'ponses often vary markedly from place to place.

Tie studies have noted that strong crystal fabrics 
. . characteristic o f ice at depth, where stresses are
• znest (e.g. Gow and Williamson, 1976; Blanken-
■ г and Bentley, 1987), although a general model o f 
Lrric development and ice deformation remains elu-

* re Alley, 1992a).
I mpurities are known to exert a strong influence on 

strain response o f glacier ice, although precise 
laws are very difficu lt to establish. Three main

ч ds of impurities occur in natural glacier ice: dis-
■ ed ions (solutes), gas bubbles and solids (rock

■ -Tides). The influence o f solutes is variable, some 
. - jing  to harden the ice, some to soften it, and oth- 
: - having no effect (Nakamura and lones, 1973). 

ncentrations o f gas bubbles usually soften ice, by 
.-iting lines o f weakness (Hooke, 1973a). The 
: aence o f rock particles on the flow characteristics 
:ce is o f great importance, owing to the wide

spread occurrence o f debris in the basal layers of 
glaciers (Section 5.4). However, different studies have 
reached conflicting conclusions, some indicating that 
strain rates increase w ith debris content, others sug
gesting that they decrease (Hubbard and Sharp, 1989). 
Laboratory studies by N ickling and Bennett (1984) 
concluded that the strength o f debris-ice mixtures 
increases as debris contents increase from zero to 75 
per cent, then falls sharply at higher debris contents. 
Mixtures with more than c. 85 per cent rock debris 
were found to be weaker than pure ice. This pattern 
was thought to result from the varying influence of 
friction between rock particles and the cohesive 
effect o f the ice. As debris content increases from 
zero to 75 per cent, contacts between particles w ill be 
more frequent, increasing the internal friction and 
resistance to deformation. However, mixtures with 
very high debris contents contain ice only in the 
pores between particles, with a consequent loss of 
cohesive strength. These conclusions conflict w ith 
observations made by Echelmeyer and Wang (1987) 
below the frozen margin o f Urumqi Glacier 1 in 
China. They found that frozen debris at the base o f 
the glacier, with a debris content o f 61-79 per cent, 
was deforming up to 100 times more rapidly than 
clean ice would at similar temperatures and stresses. 
Approximately 60 per cent o f the motion o f the glac
ier resulted from the deformation o f a subglacial 
debris layer only 36 cm thick. The difficulties in 
establishing the effect o f debris on ice deformation 
probably arise because so many factors are involved, 
including the grain size distribution o f the debris, 
temperature-related melting effects around rock par
ticles, and the aggregate orientation (fabric) o f the 
debris and ice crystals.

4.3.2 Fracture
Fracture, or brittle failure, occurs when ice cannot 
creep fast enough to allow a glacier to adjust its 
shape under stress. Crevasses are striking examples 
o f fractures formed where ice is pulled apart by ten
sile stresses (Section 6.2.1). Such tensional fractures 
tend to be fa irly superficial features, because at depth 
creep rates are higher and ice w ill flow faster than it 
can split. On temperate glaciers, where ice is rela
tively soft, crevasses rarely extend deeper than 30 m 
or so, whereas on polar glaciers they may be much 
deeper. In heavily crevassed areas such as ice falls, 
blocks o f ice between crevasses may form spectac _- 
lar broken pinnacles known as seracs, which ::er 
collapse under the influence o f glacier moverne- 
ablation, adding to the downglacier tran-rer : 
Fractures can also develop where ice is u r.ie r; n ; 
compression. In this case, jjiovemer.: г
along a shear plane, which is analoc .
in rocks. Examples o f fractures re-'_ : ~r :г т.
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compressive stresses are thrust planes at glacier mar
gins. where ice is sheared over more slowly moving 
ice below. Shear planes may traverse clean or debris- 
rich ice (Echelmeyer and Wang, 1987).

4.4 DEFORMATION OF THE BED
4.4.1 Observations
In some circumstances, the rocks or sediments 
beneath a glacier may undergo permanent strain in 
response to stresses imposed by the ice. Such subsole 
deformation accounts for a substantial share o f the 
forward movement o f some glaciers, because strain 
rates may be equal to or greater than peak strain rates 
in the overlying ice. The processes o f subsole defor
mation have received a great deal o f attention in 
recent years because they provide possible mecha
nisms for certain types o f unstable glacier behaviour, 
and could account for the fast flow o f some ice 
streams and outlet glaciers (e.g. Boulton and Jones, 
1979; Clarke et al., 1984a; Clarke, 1987b; A lley et 
al., 1987b; Humphrey et al., 1993). Additionally, 
deformation o f the bed is an extremely important 
geomorphological process, one which can result in 
very high rates o f subglacial erosion and deposition 
(Boulton and Hindmarsh, 1987; Boulton, 1996a). In 
this section we shall consider the evidence for sub

sole deformation and its contribution to the motion o: 
modern glaciers. The implications o f bed deforma
tion for debris erosion, transport and deposition arr 
discussed in Section 5.6.

The most striking evidence for deformation o f sub- 
glacial sediment comes from a series o f experiment- 
conducted by G.S. Boulton and co-workers belov 
Breidamerkurjokull, an outlet tongue o f the icec.* 
Vatnajokull in southern Iceland (Fig. 4.11). Gain:- . 
access to the glacier bed via tunnels cut in from th: 
margin, Boulton inserted segmented rods into tr 
unfrozen t il l underlying the ice. When excava:;. 
several days later, the rod segments had been с 
placed downglacier by varying amounts, clearly de 
onstrating that the t il l was deforming (Fig. 4. 
Boulton, 1979; Boulton and Hindmarsh, 1987). Т и  
t i l l  has a two-tiered structure, consisting o f а рог: .1 
upper layer some 0.5 m thick (A, Fig. 4.12) ап. | 
dense lower layer (B). Most o f the observed dr .-» 
mation was by ductile flow o f the upper till, accv . - 
ing for 80-95 per cent o f the forward moveme- i 
the glacier. During some experiments, a liir  
amount o f deformation also occurred in the lowe- 
probably by brittle failure along subhorizontal:
The low strength o f the upper t il l is partly due : 
very low density: only 40-45  per cent o f the \ 
o f the t il l was occupied by mineral grains, th. 
consisting o f water-filled pores. The pressure i I  
porewater was generally high, and fluctuate u i 
daily basis owing to variations in the amount i •

(a)

Fig. 4.11
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: 4.11 Breidamerkurjokull, Iceland, (a) Location map 
r : v .  ng the location o f Boulton's fie ld  experiments. (From
- " 1995) (b) The glacier margin looking east from  near
■ - .~jdy site. The deposits in the  foreground consist mainly

-^glacially deformed sediments. (Photo: D.l. Benn)

: meltwater reaching the bed via moulins. Mea-
- rsments made over a 10-day period demonstrated a 
: ng relationship between porewater pressures and
_in rates in the deforming till, w ith peak strain rates 

-zging behind peaks in porewater pressure by a few
■ urs. The fact that the upper t i l l  was the weakest 
:  ̂ rt o f the local glacier-bed system was dramatically 
::oven during one o f Boulton’s experiments. Water

as being pumped out o f the t i l l  below one o f the 
-nnels prior to excavation, when a plug o f partially 

-~ed t i l l  was forced up through the access hole,
• .p id ly followed by a mass o f fluid till. About 13 m of 

_id t il l poured into the tunnel, causing widespread 
. Elapse o f the tunnel floor and acute concern among 
V: >se who were in the tunnel at the time. This spec- 
_cular accident also goes a long way towards explain- 

z why no one has felt moved to repeat Boulton’s 
: periments beneath other glaciers.

A safer approach to studying subglacial deforma- 
n below modern glaciers involves placing intru- 

.ents down boreholes. This approach has several

additional advantages over that adopted by Boulton. 
First, data can be obtained from sites anywhere on 
a glacier (except dangerously crevassed areas), and 
not just close to the margin, where conditions may 
be unrepresentative. Second, continuous records of 
deformation can be obtained over many months. 
Third, these methods involve minimal disturbance 
o f the bed, and can yield important data on shear 
strength in situ under natural conditions. On the down
side, instrumenting glacier beds requires expensive 
equipment, and so far no methods are available for 
measuring absolute velocities rather than strain gra
dients (W illis, 1995). Measurements o f subsole 
deformation have been made below Trapridge Glac
ier, Yukon, and Storglaciaren, Sweden (Blake et al., 
1992; Iverson et al., 1995). Complex patterns o f sub
sole t i l l  deformation have been revealed, and rates 
and directions o f strain vary on an hourly basis. 
Instantaneous strain rates often exceed mean strain 
rates by an order o f magnitude, and short periods of 
reversed motion have been observed. The great 
potential of borehole data was highlighted by a lucky 
accident reported by Humphrey et al. (1993), in 
which a drill stem became jammed in basal sedi
ments below Columbia Glacier, Alaska, and was 
dragged over the glacier bed for five days before it 
was recovered. The shape o f the striated and bent stem 
indicated that the uppermost 0.65 m of the bed 
consisted o f deforming sediment, and subsequent 
analysis allowed an estimate o f the strength o f the 
t il l in situ to be calculated. Such estimates provide 
much-needed data on stress-strain relationships for 
subglacial till. Engelhardt et al. (1978) and Kamb 
et al. (1979) took series o f photographs o f the bed 
o f Blue Glacier, USA, using a remote-controlled 
camera placed at the bottom o f boreholes. The pho
tographs recorded the motion o f unfrozen coarse
grained till, termed active subsole drift, which was 
clearly mechanically distinct from the overlying 
debris-laden ice. More recently, video techniques 
have been tried, but to date results have been limited

Fig. 4.12 The disc a 
o f segmented rocs 
in to the t il l be : 
damerkurjokL 
subsole de^c— a: : - 
Benn, 1995, ad a p ts  
Boulton a~ : —  
1987)

Lower till

2  m etres
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owing to instability of the camera and poor visibility 
(Pohjola, 1993).

The presence of weak, deforming subglacial sedi
ment below some glaciers has also been inferred 
using seismic sounding techniques. In a series of 
very influential papers, R.B. Alley and others (Blan
kenship et al., 1986, 1987; Alley et al., 1986, 1987a, 
b, c; Alley, 1989) used seismic data to argue that 
unfrozen deforming till underlies Ice Stream B, one 
of several ice streams that discharge into the Ross ice 
shelf in western Antarctica (Fig. 1.15). According to 
their interpretation, large parts of the ice stream are 
underlain by deforming till, which contributes an 
important component of the total ice velocity. Sup
port for this view was provided when porous unfrozen 
till was recovered from the base of Ice Stream В via 
boreholes (Engelhardt et al., 1990). Laboratory tests 
on the till indicated that it was very weak, and would 
indeed deform at the stresses found beneath the ice 
stream (Kamb, 1991). Seismic evidence was also 
used by Richards (1988) to argue that a weak till 
layer existed beneath Variegated Glacier during its 
surge in 1982/83 (see Section 4.8). Finally, electrical 
resistivity and borehole deformation experiments 
indicate that saturated, deformable till exists beneath 
part of Storglaciaren, in northern Sweden (Hooke et 
al., 1988).

4.4.2 Processes
Because so few direct observations have been made, 
current understanding of subsole deformation and its 
influence on glacier movement is mainly based on 
theoretical modelling. Theoretical analyses aimed at 
predicting the strain response of subglacial sedi
ments and rocks to stresses have been presented by 
Boulton and Hindmarsh (1987), Clarke (1987c), 
Alley (1989) and Kamb (1991). Although there is 
considerable difference in detail between these 
analyses, most agree that subglacial materials will 
not undergo permanent deformation unless subjected 
to some threshold stress, known as the yield stress or 
critical shear stress. The value of the critical shear 
stress varies with a number of factors, the most 
important being the effective normal pressure exerted 
on the materials by the overlying ice and sediment. 
Above the critical shear stress the materials will 
deform, with strain rates varying in a non-linear fash
ion with the shear stress and the confining pressure. 
A major aim of these theoretical models is to develop 
flow  laws to predict the amount of deformation that 
will occur under given conditions.

It is worth examining the factors controlling sub
glacial deformation in some detail, not only as a 
means of understanding glacier motion, but also 
because they are of vital importance in processes of 
subglacial erosion and deposition (Section 5.6).

4.4.2.1 CRITICAL SHEAR STRESS

For a given material, the critical shear stress is the 
minimum required to overcome the resisting forces 
that hold the material together. The critical shear 
stress is therefore equivalent to the shear strength of 
the material at the onset of permanent deformation. 
This shear strength is measured in kilopascals or 
bars. Material strength can be regarded as the sum of 
two properties: cohesion and intergranular friction.

Cohesion refers to the forces binding a material 
together, including the chemical bonds between 
grains and electrostatic forces between charged clay 
particles. For unlithified materials such as subglacial 
till, chemical bonding between grains is usually 
unimportant and cohesion is often due entirely to 
electrostatic forces. Electrostatic attraction is negligi
bly small for particles larger than about 1 pm in 
diameter, and therefore cohesion contributes towards 
sediment strength only when significant amounts of 
clay are present. The cohesive strengths of selected 
sediments and rocks are shown in Table 4.1.

Frictional strength reflects several factors, includ
ing the resistance of grains to sliding past each other 
and resistance to grain crushing. Because frictional 
resistance is due to interactions between grains, fric
tional strength is directly proportional to the forces 
pressing grain surfaces together; that is, the normal 
stresses. An everyday example of this effect is the 
friction between sandpaper and the surface of a piece 
of wood: the harder the sandpaper is pressed down 
(normal stress), the harder it is to slide along because 
of the increase in frictional resistance (frictional 
shear strength). For each material, the specific fric
tional strength is measured by the ratio between the 
shear stress and the corresponding normal force at 
the onset of permanent deformation. As shown in 
Fig. 4.13, this ratio can be represented as the tangent 
of an angle if the shear and normal stress vectors 
are drawn as two sides of a right-angled triangle.

T ab le  4.1 Typical cohesion va lues and fr ic t io n  
angles fo r  som e g e o lo g ica l m a te ria ls

Material Cohesion
(kPa)

Friction angle 
(°)

Dense sand (well sorted) 0 32-40
Dense sand (poorly sorted) 0 38-46
Gravel (well sorted) 0 34-37
Gravel (poorly sorted) 0 45-48
Bentonite clay 10-20 7-13
Soft glacial clay 30-70 27-32
Stiff glacial clay 70-150 30-32
Till (mixed grain size) 150-250 32-35
Soft sedimentary rock 1,000-20,000 25-35
Igneous rock 35,000-55,000 35-45

Source-. Selby (1982)
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r g. 4.13 Graphs showing the relationship between nor- 
—al stress and shear strength fo r (a) cohesionless, and (b) 
::hesive materials. The angle o f internal fric tion  is the slope 
: f  the line. (From Selby, 1983. Reproduced by permission of 
C rford University Press)

This ratio is known as the coefficient o f friction and 
ritten as tan 0, where 0 is the angle of internal fric- 
vi. It has a unique value for each material and is 

nfiuenced by the arrangement, size, shape and resis- 
:.ince to crushing o f the constituent grains. The angle 
f  internal friction for some common geological 

"laterials is shown in Table 4.1.

-.4.2.2 THE COULOMB EQUATION

The contribution o f cohesion and friction to the shear 
strength o f materials was first formulated by the 
French engineer Charles Augustin de Coulomb in 

"76, in what is now known as the Coulomb equa
tion:

x* = с + A ^tan0i (4.6)

This equation states that the total shear strength o f a 
~iaterial ( t * )  is given by the cohesion ( c )  plus the 
rroduct o f the normal stress (N ) and the coefficient 
f  friction (tan 0j). The Coulomb equation is repre

sented graphically in Fig. 4.13. Note that wherea- :r.e 
frictional component o f strength depends upon the 
magnitude o f the normal stress, cohesion is regardec 
as a constant, independent o f N ( g ' in Fig. 4.13). For 
lithified materials this is a reasonable approximation, 
but where cohesion is due to electrostatic forces 
(such as for clay-rich tills), cohesion actually 
decreases with increasing distance between particles. 
The average inter-particle distance is related to the 
proportion o f the material occupied by air- or water- 
filled voids, or sediment porosity. The influence of 
porosity on cohesive strength has been incorporated 
in the t il l deformation model o f Clarke (1987c).

The frictional strength o f a granular material w ill 
be modified by the presence o f water in the pore 
spaces between grains. A t low water contents, sur
face tension at wet grain contacts serves to pull 
grains together, increasing normal stresses (TV) and 
causing a rise in frictional strength. This important 
effect, known as porewater tension or negative pore
water pressure, explains, among other things, why 
damp sand is better than dry for building sandcastles. 
A t higher water contents surface tension forces dis
appear, and for saturated materials part o f the weight 
o f the overlying material is transferred from the 
grains to the porewater. I f  the water cannot drain 
away freely, positive porewater pressures develop, 
and these support part o f the normal stress acting 
between grains. The effective normal stress is there
fore reduced, and equals the ice overburden pressure 
minus the porewater pressure:

N  = P \ — P w (4.7)

where N  is the effective pressure, p, is the ice over
burden pressure and Pw is the water pressure. Note 
that this formula is identical to that given in Sec
tion 3.2.3.1 for the effective pressure at the walls 
o f an englacial or subglacial tunnel (equation 
(3.4)).

Rising porewater pressures cause a reduction in 
shear strength because confined water can support 
compressive stresses (and hence reduce N ), but can
not withstand a shear stress. This is why saturated 
sand is weaker than either damp or dry sand and 
tends to flow as a slurry when on a slope. The effect 
o f porewater pressure on material strength is incc r- 
porated into the Coulomb equation thus:

T* = с + (p, -  PJ.tan 0j

where x* is the shear strength or critical _
any point in the material, с is the cohe-* - 
normal stress imposed by the weight ■ ~. 
rock particles and water above the r ' 
porewater pressure, and 0, is the ar.g . 
friction.
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4.4.2.3 STRAIN ABOVE THE CRITICAL SHEAR
STRESS
Severa': flow laws have been proposed to describe the 
'tra in response o f subglacial materials at shear 
'tre->es above the critical stress x*. To date, the most 
v. idely used type o f flow law has the form

E s = K (i -  x f/N  (x > x*) (4.9)

where E s is the strain rate, x is the shear stress, x* is 
the critical stress, N  is the effective normal stress, and 
K. a and b are constants dependent on the properties 
o f the material (Boulton and Hindmarsh, 1987; Boul
ton. 1987; Alley, 1989; W illis, 1995). This relation
ship simply states that the strain rate rises as the 
shear stress becomes increasingly higher than the 
critical stress, and decreases with the effective nor
mal stress. The precise form of the relationship 
depends on the values o f the constants K, a and b. 
Note that this flow law is similar to Glen’s flow law 
for ice, but with the added term N  . The lack o f this 
term in Glen’s law reflects the fact that the strain rate 
o f ice, unlike that o f unfrozen sediment, is indepen
dent o f the normal stress.

Together, equations (4.8) and (4.9) explain many 
o f the observed characteristics o f deforming sub
glacial sediment:

1. The deforming layer is confined to the uppermost 
part o f the bed because the normal stress, and 
hence frictional strength, increases downwards 
owing to the increasing weight o f overlying sed
iment. As the normal stress increases with depth, 
a point w ill be reached when the strength o f the 
sediment w ill exceed the shear stress, and defor
mation w ill cease. It follows that changes in the 
shear stress or in porewater pressure w ill result in 
a thickening or thinning o f the deforming layer 
(Boulton and Hindmarsh, 1987; Alley, 1989; Hart 
et al., 1990).

2. Sediment strain rates increase upwards, and are 
highest at the top o f the deforming layer where

normal stress is at a minimum. Velocity resu.: 
from the cumulative effect o f strain in the unde: 
lying material, and is at a maximum at the top of 
the layer (Fig. 4.3c).

3. Strain rates increase w ith porewater pressure 
owing to the influence o f Pw on effective norm, 
stress and intergranular friction. The dependent 
o f strain rates on Pw implies that most deformat: 
w ill occur where meltwater cannot be remove, 
rapidly by the subglacial drainage system, allov 
ing pore pressures to build up. Deformation w: 
therefore be encouraged by inefficient drainag. 
systems such as Darcian porewater flow ar_ 
braided canal systems (Sections 3.4.5 and 3.4.6l 
and little or no deformation w ill occur whe:. 
drainage is by efficient channel systems (Sectic - 
3.4.2).
Although equations (4.8) and (4.9) describe man 

o f the characteristics o f subsole deformation, the:, 
are several additional factors that are thought to h* 
important (Boulton and Hindmarsh, 1987; Hart et al 
1990; Kamb, 1991), six o f which w ill be considere. 
here.

4.4.2.4 DILATANCY

The uppermost 0.5 m o f subglacial t i l l  at Bre 
damerkurjokull has very low density and high pore* 
ity (Fig. 4.14a; Boulton et al., 1974; Boulton an; 
Hindmarsh, 1987; Benn, 1995). These characteristic' 
which are believed to be typical o f many subglacia!; 
deformed sediments, are attributed to a voluir.. 
increase or dilation o f the sediment during shea" 
D ilation has been demonstrated in many laborator 
experiments (e.g. Murray and Dowdeswell, 1991 
and occurs because grains must ‘climb over’ eac~ 
other during shear (Fig. 4.14b). A lley (1991) has sug
gested that a critical strain rate is required to sustair 
dilation, and that i f  the strain rate falls below th:- 
threshold, the sediment w ill collapse back into _ 
denser state (although it w ill not necessarily regai
ns pre-deformation density). Because a dilatant sed:-
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Fig. 4.14b Schematic diagram showing till d ila tion result- 
ng from  shear. The tendency fo r  grains to  climb over one 

another causes an increase in volume

ment is weaker than a dense sediment, A lley argued 
that two positive feedback mechanisms may operate 
during sediment dilation and collapse. First, as strain 
rates rise, dilation occurs, resulting in weaker sedi
ment, which in turn leads to yet higher strain rates. 
Conversely, as strain rates fall, the sediment col
lapses and the sediment becomes stronger, leading to 
-•till lower strains. He proposed that these feedbacks 
account for the rapid vertical transition between soft, 
dilated upper t i l l  and the stiff, dense lower t ill 
observed at Breidamerkurjokull, and that the thres
hold between dilatant and collapsed states marks an 
important jump in the ‘ flow law ’ o f the till.

4.4.2.5 GRAIN CRUSHING

Hooke and Iverson (1995) and Iverson et al. (1996) 
have suggested that grains in subglacial sediments 
can shear past each other by breaking, rather than 
climbing over each other. For this mechanism to be 
effective, the shear stresses must be greater than the 
'irengths o f the grains, and stress concentrations due 
:o particular arrangements o f grains are thought to be 
.mportant in generating high enough stresses. This 
mechanism may well be important in certain types of 
stiff, non-dilatant material where stresses are high. 
Where porewater pressures are high and effective 
normal stresses are low, however, inter-particle con
tact forces may not be high enough to cause grain 
fracture, and crushing is like ly to be insignificant. 
Grain size distributions resulting from subglacial 
shear are considered in Section 5.7.2.

4.4.2.6 SEDIMENT GRAIN SIZE

The strength and strain response o f sediments are 
also influenced by grain size and sorting. Part o f the 
influence o f grain size is im plic itly  included in equa
tion (4.8), because coarse and poorly sorted sedi
ments have high coefficients o f friction, whereas

fine-grained and well-sorted sediments ha e 
coefficients o f friction. The strength o f clays cere: 
to a great extent on cohesion (Table 4.1: Selby 
1982). An additional important effect o f grain size is 
its influence on water flow and porewater pressures 
Sediment permeability depends to a large extent on 
the size o f the pore spaces through which water can 
flow; therefore water can flow much more freely  
through sands and gravels than through clays (Table
3.1). This means that, where glaciers are underlain 
by fine-grained sediments, the flow o f meltwater 
through the bed is retarded. As a result, porewater 
pressures build up and may approach the overburden 
pressure. Thus effective pressures fall, reducing sed
iment strength and increasing the likelihood o f defor
mation (Boulton, 1987; Boulton and Hindmarsh.
1987).

4.4.2.7 THERMAL PROCESSES

In t ill flow models to date, no account has been 
made o f thermal processes, such as the freezing o f 
porewater, ice infiltration at the upper boundary of 
the deforming layer, and the effects o f ice melting 
on the flow and pressure o f porewater. One may 
expect glacier bed materials to encompass a complete 
spectrum between unfrozen sediment and debris-rich 
ice, through various ice-water-sediment mixtures, 
which w ill certainly exhibit a wide range o f flow 
behaviour. The study o f straining ice-water-sediment 
mixtures is still in its infancy, but preliminary results 
(Iverson, 1993) suggest that the processes o f defor
mation w ill be very complex indeed, and that flow 
laws w ill be very difficu lt to establish (see Section
4.3.1).

4.4.2.8 SPATIAL VARIATIONS IN BED STRENGTH

Observations on some modern glaciers and ice 
streams indicate that the strength o f glacier bed mate
rials varies from place to place, consisting o f 'stick} 
patches’ within otherwise low-strength beds. High- 
strength regions w ill tend to support a disproportion
ate share o f the drag at the bed, thus exerting an 
important control on glacier velocity. Large boulder' 
in the t il l beneath Breidamerkurjokull appear : 
behave in this way by ‘bridging’ through the игре: 
deforming layer and lodging in the stiffen low e: : 
(Fig. 4.15; Benn and Evans, 1996). S im ilarly K_
(1991) and A lley (1993) have suggested tha: ■ - 
Antarctic ice streams are underlain by del rrr - r 
maximum ice velocities may be control!ei ~ 
patches at the bed rather than the strain :
the t i l l  itself. Kamb has argued that : r  e 
o f such patches, the ice streams would be .
to catastrophic acceleration. ow:rg .
non-linear t i l l  rheology and " _ — e- . . •
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Fig. 4.15 Boulders lodged at the base o f Breidamerkur
joku ll, Iceland. (Photo: D.l. Benn)

mechanisms involving the production o f meltwater. 
Therefore, attempts to model glacier velocities using 
t i l l  ‘flow laws’ may be subject to error i f  variations in 
bed strength are ignored. Lodged boulders and other 
s tiff regions in glacier beds are considered to influ
ence the formation o f flutings, drumlins and other 
streamlined forms; study o f such features therefore 
has the potential to reveal conditions below former 
glaciers and ice streams, and yield insights into ice 
flow mechanisms (see Chapter 11).

4.4.2.Э DECOUPLING

Recent measurements o f t i l l  deformation beneath 
Storglaciaren, Sweden, by Iverson et al. (1995) ind i
cate that, while t i l l  strain rates increase with water 
pressure up to a point, at very high basal water 
pressures the strain rates decrease, although glacier 
velocities remain high. This behaviour was attributed 
to decoupling o f the glacier from its bed owing to the 
development o f a distributed water system at the 
ice -till interface. This system may take the form of 
an anastomosing canal network, as postulated by 
Walder and Fowler (1994) (Section 3.4.6). The 
presence o f pressurized water at the glacier sole 
dramatically reduces the shear stress applied to the 
underlying till, causing t i l l  deformation rates to fall. 
G l-cier velocity is not reduced, however, but occurs 

enhanced basal sliding, which is favoured by a 
r ubricated bed (Section 4.5.3). This model sug- 

ge>:> that, for glaciers resting on a bed o f deformable 
the following sequence o f events should occur as

>  - r лег pressure increases:

. porewater pressures, high sediment strength 
u scourage deformation. Ice w ill tend to 

'-\t the bed at the glacier sole, coupling the
: __ ' the bed Boulton and Hindmarsh, 1987).

.. .* • : . vcu r by a combination of
:r.clui'.r.g 'r'cugh ing ’ o f debris held in

the basal ice through the upper layers o f the : 
(Brown et al., 1987), lim ited brittle shear of rae 
t i l l  (Boulton and Hindmarsh, 1987; Benn 
Evans, 1996), and sliding over large clasts (Be: -. 
1994a).

2. A t higher porewater pressures, t i l l  strength is rad • 
uced, encouraging deformation. A t some crit:. J  
strain rate, dilation and a transition to pervas: .. 
ductile flow w ill occur (Alley, 1989). Rising p - 
water pressures reduce the tendency o f basal ice ■  
infiltrate the bed, thus reducing coupling (Bou/ : •  
and Hindmarsh, 1987).

3. A t very high porewater pressures, the devel - 
ment o f a distributed drainage system at the ice-: 
interface causes extensive decoupling and rec. 
tion o f basal deformation rates (Iverson et Щ  
1995). Fast flow is achieved by efficient sliding:

Further field experiments are necessary to test 
validity o f this appealing model for fast-flowing g _ 
iers and ice streams such as Columbia Gla„ г . 
Alaska, and Ice Stream B, Antarctica.

4.5 SLIDING
Sliding is the name given to slip between a g la c n  
and its bed. Everyday experience tells us that ice . a  
be extremely slippery, and that the friction betv... 
wet ice and a smooth surface (such as the sole i  
shoe) is very low indeed. Similarly, i f  glacier bead 
consisted o f wet ice resting on perfectly smooth -. 
faces, sliding would be so efficient that glacier m t 
ment would be catastrophically fast. Thus, the m i 
important question concerning glacier sliding is * 
‘how does sliding occur?’ but ‘how is sliding сч-1 
trolled?’ . The fact that glaciers do not run away v ■ 
themselves is due to a number o f interdependent fa: • 
tors that increase the drag between the ice and i*ej 
bed. The most important factors controlling craf 
(and hence rate o f basal sliding) are (a) adhesion j_  : 
to freezing o f ice to the bed, (b) bed roughness. . I 
the quantity and distribution o f water at the bed. _:
(d) the amount o f rock debris held in the base o f nd  
ice. Drag due to bed roughness is called form  av_ .. 
and that due to rock-rock friction is frictional dr...

4.5.1 Adhesion
Effective sliding requires that the basal ice is a: x  
close to the pressure melting point (Section 2.5 
because the adhesive strength o f frozen glacier bc_ t 
is very high, even where the bed is smooth (th> s  
why it is so d ifficult to scrape the ice from a ad  
windscreen on a cold morning). Additionally. I . 
temperatures severely reduce the ability o f glacier: .
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flow around obstacles on the bed, owing to the 
.nperature dependence o f creep rates (Section

4 3.1). For glacier beds below the pressure melting 
~ :nt, therefore, the bed can often support larger 
'.ear stresses than the ice itself, and movement more 
__dily occurs by ice creep above the bed. Indeed, 

- -.til recently it was thought that sliding o f frozen 
r .;cier beds could not occur. However, recent labo- 
~_tory experiments and theoretical work (Shreve, 
984; Fowler, 1986) predicted that the normal 

?r x:esses o f sliding should occur at subfreezing tem
peratures, albeit at very low speeds. This prediction 

as strikingly confirmed by measurements made by 
~- helmeyer and Wang (1987) below Urumqi Glacier 

China, which demonstrated sliding rates o f 
U mm day (less than 4 mm yr ) at —5°C. Ear- 

er studies o f the movement o f cold-based glaciers 
e.g. Goldthwait, 1960; Holdsworth and Bull, 1970) 
: und no evidence for any sliding, although this may 

■;iect the precision o f the methods o f measurement.
As noted in Section 2.5.4, frozen and melting con

ations may occur as discontinuous mosaics over 
a.acier beds, consisting o f frozen patches within 
".ainly thawed beds or thawed patches on mainly 
v^zen beds. In such mosaics, frozen conditions w ill 
ccur where normal pressures are lower, and the 

melting point higher than average, such as on the lee 
de o f obstacles (Robin, 1976). Where the bed is

■ 'zen, the drag w ill be higher than average, owing to 
те adhesive strength o f the contact between ice and 
~ed. and frozen patches may therefore exert an 
~portant influence on the overall drag at the base of 
re glacier. Thus, frozen regions can be regarded as 

-nother form o f ‘sticky patch’ , as discussed in Sec- 
on 4.4.2.8.

4.5.2 Glacier sliding over rough beds
-.eal glacier beds are not smooth, but exhibit irregu- 
arities, or roughness, at different scales. In order to 
:de over an irregular bed, ice must be transferred 

~_st or round obstacles by some mechanism. The 
■esistance to such transfer around obstacles is known 
is form drag and is a very important factor lim iting 
re rate o f glacier sliding. Two mechanisms for trans- 

•erring ice past obstacles are widely recognized: 
■egelation sliding and enhanced creep.

-.5.2.1 REGELATION SLIDING

The word ‘regelation’ means ‘to freeze again’ . In the 
rresent context, it  refers to processes which allow 
alacier ice to slide over rough beds by melting on the 
-pglacier side o f obstacles and refreezing on the 
a;nvnglacier side. Regelation sliding occurs because 
nost resistance to glacier movement is provided by 
ne upstream sides o f obstacles, resulting in locally

high pressures and a consequent lowering o f the 
pressure melting point. This encourages the melting 
o f ice immediately upglacier o f obstacles. The result
ing meltwater migrates to the low-pressure 
downglacier side o f the obstacle, where it refreezes 
because the pressure melting point is higher (Fig. 
4.16). The ice therefore bypasses obstacles by tem
porarily turning to water and back again.

Standard theory indicates that the regelation 
process w ill be most effective when the latent heat 
released by freezing on the downstream side of 
obstacles can be advected through the obstacle to 
assist in melting on the upstream side (Weertman, 
1957b, 1964). Consideration o f the heat balance ind i
cates that regelation should be ineffective around 
obstacles longer than 1 m or so (Kamb, 1970). The 
flow o f meltwater associated with regelation sliding 
is usually thought to occur in a thin film  between the 
ice and its bed (Weertman, 1964, 1979; Hallet, 
1976a, 1979b; Section 3.4.3), although Lliboutry 
(1993) has argued that, in temperate ice, most water 
actually flows through a capillary network within a 
basal ice layer some 20 cm thick. According to L li
boutry, pressure melting at the upstream sides o f 
obstacles occurs at grain boundaries within the ice as 
well as at the ice-bed interface. The associated 
refreezing is thought to occur in a thin layer (~3.5 cm 
thick) o f the ice above the low-pressure downstream 
sides o f obstacles. This view implies that regelation 
sliding is closely related to ice creep processes, and 
indicates that the relations between driving stresses, 
bed roughness and glacier sliding rates may be very 
complex indeed. Further complications o f the regela
tion process arise as the result o f chemical interac
tions between the glacier and its bed. Basal ice can 
entrain and transport ions dissolved from the bed 
(Section 3.7.1; Hallet, 1976a, b; Souchez and Lor- 
rain, 1978), thus lowering the melting temperature 
and influencing the regelation process.

The importance o f the regelation process in glacier 
sliding has been recognized for many years on theo
retical grounds (e.g. Deeley and Parr, 1914; Clarke. 
1987a), and has been confirmed many times by direct
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observation in subglacial cavities (e.g. Kamb and 
LaChapelle. 1964: Hallet et al., 1978; Hubbard and 
Sham. 1993 . The role o f the regelation process in
: ...... .. ba-al debris-rich ice, and the characteristics

I rege'.ation ice. are described in Section 5.4.

4.5.2.2 ENHANCED CREEP

A second mechanism which contributes to glacier 
aiding is enhanced creep o f the ice in the vicinity of 
obstacles. It w ill be remembered that the strain rate 
o f ice varies approximately with the third power of 
the shear stress (equation (4.5)). Therefore, stress 
concentrations around the upstream sides o f obsta
cles result in locally high strain rates, causing the ice 
to accelerate around and (to a lesser extent) over the 
bump. The basal ice thus continually modifies its 
shape to allow continued sliding. As noted above, 
recent theoretical work by Lliboutry (1993) suggests 
that, in temperate ice, the mechanism o f enhanced 
creep may involve an element o f regelation, indicat
ing that ice flow mechanisms may be strongly inter
related. A  form o f enhanced creep is also important 
at the bases o f cold-based glaciers, allowing the ice 
to circumvent basal obstacles without sliding. It 
should be remembered, however, that creep rates are 
much lower for cold ice, owing to the temperature 
dependence o f the flow law (Glen, 1955).

Enhanced creep is most effective around large 
obstacles, because larger areas o f the basal ice expe
rience enhanced shear stresses and higher strain 
rates. Because regelation is most effective around 
small obstacles, it  follows that enhanced creep and 
regelation w ill vary in relative importance according 
to the size o f obstacles on the bed. For small obsta
cles, regelation w ill be the dominant process, 
whereas enhanced creep w ill dominate for larger 
ones. Thus there should be some intermediate con
trolling obstacle size for which neither mechanism is 
efficient, and which represents maximum resistance 
to sliding (Fig. 4.17). Theoretical analyses and obser
vations suggest that this critical obstacle size is in the 
region o f 0.05-0.5 m (Kamb and LaChapelle, 1964; 
Nye. 1969a, 1970; Kamb, 1970). This concept o f a 
controlling obstacle size emphasizes the influence o f 
~ed roughness on glacier sliding, and w ill be of 
:importance when we consider some theories o f sub- 

jia l erosion and deposition in Chapter 5.

4.5.3 The effect of water pressure on 
sliding
- - .-e have seen, the presence o f liquid water at a 
; i. ie r ^ed is a fundamental requirement for effec

ting. because o f the lack o f adhesion at a 
re j and the role played by water in the 

rroces>. Water also contributes to the
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Fig. 4.17 Graph showing the relative effectiveness o f re :-  
lation and creep fo r d iffe ren t obstacle sizes. (From Boult: - 
1975. Reproduced by permission o f Seal House Press)

effectiveness o f sliding in other ways, and the dis;-- 
bution and pressure o f water at glacier beds ait 
now recognized as the most important factors it  

regulating short-term velocity fluctuations and gl_.- 
ier surge cycles. Several studies have demonstra:r. 
a strong association between periods o f increase; 
glacier motion and elevated basal water pressure, л  
determined from the level o f water in boreholes th x  
have made a connection with the subglacial drains r r 
system (e.g. M uller and Iken, 1973; Iken et al., 19- ’ 
Kamb and Engelhardt, 1987; Hooke et al., 19' - 
Meier et al., 1995; Jansson, 1995). According ,, 
basal water pressure forms an important comporu r 
of modem sliding theory (Lliboutry, 1968, 1%~| 
Fowler, 1987a, b; Kamb, 1987; Schweizer and Iken. 
1992; W illis, 1995).

For glaciers flowing over rock beds, the preser.r 
o f a water film  (Section 3.4.3) may enhance slid: - r 
by submerging minor obstacles (of the order o f rr. - 
limetres), effectively creating a smoother bed ar i 
reducing the importance o f the regelation process 
a lim iting factor in sliding (Fig. 4.18). A t a la r;;- 
scale, bed roughness is reduced by the presence г 
pressurized water in cavities. In Sections 3.2.4.1 am 
3.4.4 we saw that water-filled cavities w ill form j: 
the lee side o f obstacles on the bed when the w a a  
pressure (Pw) exceeds the local normal pressor 
exerted by the ice (p j) on the bed. The extent 
cavity formation is directly linked to water pressure 
because as Pw increases it exceeds p, over larger an 
larger areas o f the bed. Water-filled cavities ca 
occur as isolated features or form part o f a linkc a 
cavity network connected by narrow orifices. PressL-:
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4g. 4.18 Ways in which water at the bed can influence 
: ‘ding velocity. (A) Submergence o f small bed roughness 
; ements; (B) increasing the local stress in areas o f ice-bed 
inntact, thus encouraging enhanced plastic deform ation; 
C) the 'hydraulic jack' mechanism, in which pressurized 
• ater exerts a force against upglacier-facing ice

“ actuations in a linked-cavity network, and the extent 
: f  cavity formation, generally reflect variations in the 
jpply o f meltwater from the surface (Hooke et al., 
989; W illis  et al., 1990; W illis, 1995; Kamb et al., 
?95). As well as reducing the effective bed rough- 

: ess, the presence o f water-filled cavities affects slid- 
ng behaviour in other ways (Fig. 4.18). The most 
mportant is the effect o f cavity formation on the dis- 
ribution o f stress at the glacier bed. Because water 
. amot support a shear stress, the basal shear stress is 
:ero above water-filled cavities. This means that the 
rear stresses exerted by the glacier must be sup- 

:■ rted by those parts o f the bed remaining in contact

(i.e. the crests and stoss sides o f bumps). The 
increase in stress at these locations increases the effi
ciency o f regelation by reducing the pressure melting 
point, and enhances plastic deformation, thus 
increasing the sliding rate (Iken, 1981; W illis, 1995). 
Another way in which water-filled cavities are 
thought to influence sliding rates is through the 
downglacier-directed component o f water pressure. 
Pressurized water in cavities can exert a downglacier 
traction force on upglacier-facing ice surfaces in cav
ities, increasing the downglacier driving forces and 
increasing sliding (Rothlisberger and Iken, 1981). 
This is known as the ‘hydraulic jack ’ mechanism.

There is growing empirical evidence that the 
growth o f water-filled cavities causes increases in 
sliding velocity on some glaciers. Short-lived periods 
o f increased velocity on Unteraargletscher and Find- 
elengletscher (Switzerland), Variegated Glacier 
(Alaska), Storglaciaren (Sweden) and Midtdalsbreen 
(Norway) have been associated with up lift o f the 
glacier surface (Iken et al., 1983; Hooke et al., 1983; 
Iken and Bindschadler, 1986; Kamb and Engelhardt, 
1987; Jansson, 1995; W illis, 1995). These uplift 
events are thought to be due to ‘hydraulic jacking’ by 
pressurized water in lee-side cavities, which lifts the 
glacier o ff the bed (Fig. 4.18). Not all glacier up lift 
events, however, are thought to be due to the 
hydraulic jack mechanism, and some uplift can be 
attributed to variations in strain rate associated with 
velocity variations elsewhere on the glacier and 
changes in local longitudinal stresses (Balise and 
Raymond, 1985; Hooke et al., 1989).

The water pressure at which cavities begin to form 
is dependent on bed roughness, because the size and 
shape o f obstacles govern spatial variations in the 
normal pressure exerted by the ice, and thus deter
mine the extent and magnitude o f low-pressure zones 
in lee-side locations. The threshold water pressure 
for cavity formation is known as the separation pres
sure, and for a wavy bed can be defined as

P s = p, — (кг/па) (4.10)

where P s is separation pressure, p, is the normal pres
sure exerted by the ice, X is bump wavelength, x is 
basal shear stress, n has the value 3.1427, and a is 
bump amplitude.

This relation shows that the separation pressure i - 
high for short-wavelength, high-amplitude burrr- 
and low for long-wavelength, low-amplitude b u r r  
(Iken, 1981; Schweizer and Iken, 1992; W illis.
Thus, sliding rates w ill be more sensitive t 
water pressures on smooth beds than or. - 
ones.

Enhanced sliding caused by incre_- - 
water pressures generates additional me 
bed, because o f the increased genera: t . 
heat and pressure melting. A t a cer ■ :his
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creates a positive feedback process by significantly 
increasing the water pressure in cavities, thus further 
increasing the sliding rate, which in turn leads to the 
generati r  o f more meltwater (Schweizer and Iken, 
. - -2 This w ill lead to unstable, accelerating sliding 
: :he ciacier. where velocity increases catastrophi

ca lly This w ill continue until the subglacial drainage 
'tem ‘switches’ to a more efficient channelized 

>\ stem w hich w ill evacuate the excess water, reduce 
the areal extent and pressure o f water at the bed, and 
reduce sliding rates to sustainable levels (see Section
3.4.4). Schweizer and Iken (1992) calculated the crit
ical pressure, at which sliding becomes unstable, to 
be given by

Pc = Pl -  (кх12ш ) (4.11)

This value is halfway between the ice overburden 
pressure and the separation pressure:

PQ = 0.5fo + Ps) (4.12)

The transition from stable to unstable sliding as ris
ing water pressure crosses the critical pressure is 
thought to account for the rapidly accelerating ice 
flow during glacier surges and some short-term 
velocity increases on surging and non-surging glaci
ers (Section 4.8; Kamb, 1987; Schweizer and Iken, 
1992; W illis, 1995). According to Schweizer and 
Iken (1992), the relationship between basal water 
pressure and sliding rates may take the form:

ub -  (xb / Pc -  P S  for PW<P S (4.13a)

ub « (xb /  Pc -  P j  for Pw > Ps (4.13b)

where ub is basal sliding velocity, xb is basal shear 
stress, Pw is water pressure, P. is the critical water 
pressure, Ps is separation pressure and n is a constant.

The relationships described by these equations are 
illustrated in Fig. 4.19. Curve A  shows the effect o: 
increasing water pressure past Ps and Pc in turn. Wher 
Pw is less than Ps, sliding velocity is independent o: 
water pressure and is constant for any given shear 
stress. When Pw is greater than Ps, but less than P  
sliding increases non-linearly with water pressure 
Above Pc, unstable, accelerating sliding occurs, anc 
velocity increases at an infinite rate. Curve В illus
trates the case where the separation pressure and the 
critical pressure have the same value, i.e. Pc = Ps. Ir 
this case, sliding motion is uniform until Ps is 
reached, when the glacier switches instantaneously 
to a state o f unstable sliding.

Although equation (4.13) provides important ins- 
ights into the sliding behaviour o f glaciers durinc 
water pressure fluctuations, it is difficult to apply ir 
practice because it  assumes an idealized form of the 
glacier bed. Moreover, for real glaciers the detailec 
form o f the bed is not known, and it is therefore nc 
possible to determine the values o f Ps and Pc. F 
practical purposes, therefore, it is often preferable t 
use simpler empirical sliding relations, whicl 
describe direct relationships between basal water 
pressure and sliding velocity (Budd et al., 1979). Su. - 
relationships have been worked out for a number i 
glaciers, and generally take the form

мь = x P N ~4 (4.1-

where ub is basal sliding velocity, т is basal shea: 
stress, N  = effective normal pressure (p, — Pw), and p 
and q are empirically determined constants.

This relation indicates that sliding rate increase 
with basal shear stress and is inversely proportion, 
to the effective pressure (i.e. sliding increases with 
Pw). Note that the exponential relationship between

.=:e ' c'essure Water pressure

Fig. 4.19 Relationship be- 
ween sliding velocity ъ- : 
basal water pressure, as mo: 
elled by Schweizer and Ike- 
(M odified from  Schweizr 
and Iken, 1992)



iing  and effective pressure indicates small
■ _nges in sliding w ith water pressure for low values 

и P.. and large changes in sliding with water pres-
- ~e for high Pv, and therefore yields results approx- 
" je ly  similar to those o f equation (4.13) (Fig. 
I .O n the basis o f laboratory experiments, Budd

(1979) proposed that values o f p = 3 and q = 1 
»*r.d the best results. Very similar values were 
irciined by Bindschadler (1982) using data from
• .'legated Glacier for summer 1973, although win-
- velocities for this glacier over the period 1973-81

. \  ?est described by equation (4.14) when p = 5 and 
i  = 1 (Raymond and Harrison, 1987).

^nsson (1995) used velocity data from Stor- 
. _i Liren to derive the empirical velocity relation

us = 30AT040 (4.15)

 ̂■ ere us is surface velocity, and N  is effective normal 
_'<ure. He also reanalysed data obtained by Iken 
_ Bindschadler (1986) from Findelengletscher, 

n  _ found that

щ = 371ЛГ0-40 (4.16)

“ be similarity o f the exponent in the two relation- 
' ?s led Jansson (1995) to conclude that the sliding

■>
Water pressure

r g. 4.20 Sliding velocity v. subglacial water pressure show- 
~g the discrepancy between theory (a) and observation (b). 
; sdrawn from  Schweizer and Iken, 1992)

mechanism is similar on the two glaciers. It should 
be clear, however, that empirical power laws such 
equations (4.15) and (4.16) are o f lim ited usefulness 
as general descriptions o f glacier sliding. The com
plexity o f the sliding process means that all-purpose 
sliding laws remain elusive.

4.5.4 Friction and sliding
So far we have considered sliding only for the case o f 
clean ice. In nature, however, basal ice often contains 
rock debris, and i f  this debris is in contact with the 
bed, the resulting frictional drag w ill exert a strong 
influence on basal sliding. In general terms, the larger 
the drag, the lower the sliding velocity. Early workers 
recognized that the drag below particles held in basal 
ice w ill be proportional to the force pressing them 
against the bed (Gilbert, 1910; McCall, 1960). The 
physics o f sliding with friction, however, is very com
plex and there is still no complete theory that 
describes how frictional drag and sliding rates vary 
with applied stresses. Current understanding relies 
heavily on theoretical considerations and a small 
number o f important laboratory experiments (e.g. 
Hallet, 1981; Iverson, 1990, 1995; Schweizer and 
Iken, 1992). Three basic models o f subglacial friction 
have been proposed, known respectively as the 
Coulomb, Hallet and sandpaper friction models 
(Schweizer and Iken, 1992). The implications o f these 
three models for processes o f subglacial erosion, trans
port and deposition are discussed in Section 5.2.2.

4.5.4.1 COULOMB FRICTION MODEL

The Coulomb friction model is based on the 
Coulomb equation (equations (4.6) and (4.8)), and 
assumes that the friction between rock particles in 
basal ice and a rig id bed is proportional to the normal 
pressure N  pressing the surfaces together. This model 
was first developed for subglacial situations in a 
series o f influential papers by G.S. Boulton (1974.
1975. 1979), and it  has since been employed in some 
studies o f subglacial sediment deformation (Boulton 
and Hindmarsh, 1987; Alley, 1989; Section 4.4.2). 
The Coulomb model predicts that basal friction w ill 
increase w ith ice thickness and is inversely propor
tional to basal water pressure:

^  = (Pi ~ P J .tan 0;

where xf is basal friction, pt is the ice overt'_rcr" 
pressure, Pw is the basal water pressure: an i • - : ~ _ 
angle o f internal friction, a value depend;- : * 
nature o f the interacting rock surfaces 

For realistic values o f the friction coe~ ; z~: ' 
ever, sliding should be possible only e- - _••• -. «_ 
water pressures (close to ice overb_:r_. ; r
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surface slope (Schweizer and Iken, 1992). As a gen
eral model o f sliding, the Coulomb model is unrealis
tic. because it is applicable only for friction between 
rigid bodies, whereas basal ice is deformable and can 
mould ib e lf to the contours o f the bedrock. It may, 
however, be a reasonable approximation for (a) the 
base o f rigid slabs o f debris-rich ice (Schweizer and 
Iken. 1992), and (b) subglacial deforming layers, 
where interstitial ice is absent (Boulton and Hind
marsh. 1987; Section 4.4.2).

4.5.4.2 HALLET FRICTION MODEL

Bernard Hallet (1979a, 1981) developed a friction 
model based on the idea that ice w ill deform com
pletely around subglacial particles, and that contact 
forces w ill be independent o f ice thickness. Hallet rea
soned that the contact force between a particle and the 
bed w ill be the sum o f two components: the buoyant 
weight o f the particle, and drag force resulting from 
ice flow towards the bed. The buoyant weight is the 
weight o f the rock particle minus the weight o f the 
same volume o f ice, and is therefore proportional to 
the difference between the densities o f ice and rock. 
Ice flow towards the bed exerts a drag force on the par
ticle, thus pressing it against the bed. The faster the 
flow towards the bed, the higher the drag force, and 
the higher the resulting contact force. Ice flow towards 
the bed can result from a combination o f three sets o f 
processes (Drewry, 1986): (a) melting due to geother
mal heat and sliding friction; (b) melting due to rege
lation sliding; and (c) vertical straining o f the ice. 
Therefore, high friction between particles and the bed 
w ill occur below large, heavy particles and/or where 
basal melting rates are high and ice is straining rapidly 
towards the bed. As already mentioned, this model 
assumes that frictional forces are independent o f ice 
thickness and basal water pressure. Hallet (1979a) 
had to make several assumptions to be able to calcu
late the drag force exerted around particles by flowing 
ice. one o f which was that the particles are spaced far 
apart. When this condition is satisfied, however, there 
i '  good agreement between the stresses predicted by 
this model and those measured in controlled labora- 
: >ry experiments (Iverson, 1990).

4.5.4.3 SANDPAPER FRICTION MODEL

The sandpaper friction model was introduced by 
Schweizer and Iken (1992) for the case o f debris-rich 

ice. where neighbouring particles are very 
. «e r in contact. Ice can no longer flow around the 
~ and is simply the glue holding the mixture

с .-:her. Taken as a whole, the debris-rich ice is 
.. and can adapt to the contours o f the bed

- *:ch it flows. The basal ice layer is therefore 
r  --e re  in contact with the bed, but part o f the

contact may consist o f water-filled cavities between 
particles. The drag force at the base o f the debris-rich 
ice is similar to that calculated by the Coulomb 
model, but is a function o f water pressure and the 
area o f the bed occupied by cavities between parti
cles in the basal ice layer:

xr = (p, -  sPJ.tan 0 (4.18i

where s is the proportion o f the bed occupied b> 
cavities (varying between 0 and 1). The factor 5 i> 
important because water-filled cavities tend to sub
merge small obstacles (asperities), smoothing the 
bed and reducing drag (Section 4.5.3). Equatio:
(4.18) predicts values o f basal drag somewhat lower 
that those derived from the Coulomb model, anc 
yields more realistic values o f basal sliding.

The ‘sandpaper’ friction model is thought to be the 
most appropriate where basal debris concentration 
are greater than about 50 per cent by volume, and the 
Hallet model where concentrations are less than thi> 
(Schweizer and Iken, 1992; W illis, 1995). Whiche\c- 
model is used, frictional drag has the effect o f reduc
ing the sliding velocity to values lower than those fc - 
clean ice at the same basal shear stress. This is not 
to say that glaciers w ith high basal debris concen
trations w ill flow more slowly than clean-basev. 
glaciers. Rather, it means that where frictional drcc 
is high, higher driving stresses are required : 
achieve given sliding velocities than in the case :f 
low friction. Therefore, for two glaciers w ith eqiul 
balance velocities, the glacier with the higher ba>_i 
drag would have to be thicker or steeper in order : 
create the required stresses to discharge the m t- 
flux.

Schweizer and Iken (1992) incorporate basal fn . 
tion into their sliding relation (equation (4.13)) r 
replacing the basal shear stress xb w ith the effech t 
value x'b , given by

x'b = xb -  xf (4.19)

where i f is the frictional drag in equation (4.18). Th 
means that when basal friction is high, the effecti : 
shear stress w ill be low, leading to low calculated : с. 
velocities. Conversely, low basal friction w ill lead 
high values o f x'b and high sliding velocities. In r  
case o f clean ice, xf disappears, and sliding velocii:e 
are simply those given in equation (4.13).

4.6 SPATIAL PATTERNS OF 
GLACIER MOTION

4.6.1 Variations between glaciers
Worldwide, glaciers flow at a very wide rangr :i 
velocities, depending on the mechanisms o f flow J
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id-based glaciers, which are everywhere frozen to 

neir beds, can flow only by internal deformation o f 
те ice and the upper part o f the bed, because sliding
> negligible at subfreezing temperatures (Fig. 4.21;

5 'ulton, 1979; Echelmeyer and Wang, 1987). The 
'.verse relationship between ice creep rates and 
rmperature (equation (4.5)) means that only low 

velocities are possible for cold-based glaciers. For 
. sample, the Meserve Glacier in the Dry Valleys o f 
Antarctica has maximum velocities o f only 2 m yr 
Chinn, 1988). Generally speaking, glaciers in cold 

-rgions have small balance velocities (Section 4.1),
■ that the low velocities associated with cold ice are 

-jffic ient to discharge the annual ice accumulation. 
However, where balance velocities are high, such as
* -.ere ice from large accumulation areas is funnelled 
no  narrow outlets, the ice w ill thicken, thus raising 
те basal temperature by reducing the conduction o f 

geothermal heat towards the surface (Section 2.5.2). 
This may be sufficient to raise the bed o f the glacier 

the pressure melting point, thus allowing efficient 
iding and increasing velocities to levels sufficient to 

discharge the annual balance. Steady-state conditions 
’ill occur when the physical processes o f glacier 

notion are in equilibrium with the balance velocity

(Clarke, 1987b). This may not be possible, h . e _ 
and the glacier may oscillate between rates o f m :: 
higher and lower than the balance velocity in a peri
odic cycle (Fowler and Johnson, 1995). This type ;: 
oscillatory behaviour is discussed in Section 4.8.

Where glacier beds are at the pressure melting 
point, efficient basal sliding or subsole deforma;: r. 
can occur, leading to very high glacier velocities in 
some cases. The world’s fastest glacier is considered 
to be Jacobshavns Isbrae, a tidewater outlet o f the 
Greenland ice sheet, which has a maximum observec 
flow rate equivalent to 8360 m yr at midsummer 
near the calving front (Lingle et al., 1981; Echel
meyer and Harrison, 1990). Velocities in excess o f 
7000 m yr have also been measured near the 
calving terminus o f Glaciar San Rafael, an outlet o f 
the North Patagonian ice cap, Chile (Fig. 4.22; War
ren, 1993). The observed velocities on both Jacob
shavns Isbrae and Glaciar San Rafael appear to be 
approximately equal to their balance velocities (Fig. 
4.2; Clarke, 1987b). In the former case, high balance 
velocities are due to the funnelling o f ice from a very 
large catchment, whereas in the latter they result 
from a combination o f topographic funnelling and 
very high mass turnover rates (Yamada, 1988; Aniva. 
1988; Kondo and Yamada, 1988; Warren, 1993). '

Fig. 4.21 Co!a-::-a«c 
ers in the  Ik y  VH t i i  
Antarctica, a n w c  r -e  "nos:
slowly r rc .  z ~-~i-----<
world. :
Richard Л 5 -  -
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Fig. 4.22 San Rafael Glacier, North Patagonian icefield, 
Chile: one o f the world's fastest glaciers, reflecting high 
mass turnover and effic ient basal sliding. (Photo: Charles 
Warren)

Subglacial till deformation contributes towards 
high surface velocities on some glaciers and ice 
streams. Deforming layers occur beneath Ice Stream
B, West Antarctica, and Columbia Glacier, Alaska, 
which achieve maximum velocities in excess o f 
800 m yr and 4 km yr , respectively (A lley et al., 
1986, 1987a, 1987b; Whillans et al., 1987; Krimmel 
and Vaughn, 1987; Humphrey et al., 1993; Whillans 
and van der Veen, 1993). In both cases, however, the 
til l appears to be too weak to support the calculated 
basal shear stresses, and therefore t i l l  deformation 
does not appear to be the only process controlling 
glacier motion. The velocity appears to be lim ited by 
the presence o f rock knobs protruding through the t il l 
layer or some other form o f ‘sticky spots’ on the bed 
(Kamb, 1991; Humphrey et al., 1993). It is not 
known whether basal motion is due to t il l deforma
tion alone or some combination o f deformation and 
sliding (cf. Iverson et al., 1995). Variations in t ill 
strain rates and the depth o f the deforming layer 
mean that a wide range o f glacier velocities can 
result from subglacial t i l l  deformation. Low t il l 
strain rates beneath Trapridge Glacier, Yukon, con
tribute to maximum surface velocities o f only 
27 m v r " 1 (Clarke et al., 1984a; Clarke and Blake, 
1991; Blake et a l,  1992). Subsole deformation also 
occurs beneath Storglaciaren, Sweden, contributing 
towards a surface velocity o f around 14 m yr (Iver- 
>cn et al., 1995). These observations are important 
recluse they demonstrate that evidence for deform- 
~. a .avers at the beds o f former glaciers and ice sheets

> r.ot necessarily evidence for fast glacier flow, as
■ t'een assumed by some authors (e.g. Clark, 1994).

G.aciers in most parts o f the world have surface 
•. '. tie ' intermediate between the very low values 
r. - . _ : thin, cold-based glaciers and the very high

i. . - "  aiated with some ice streams and tide-
- ; . - - F r '. - ' j . i  valley glaciers, surface

velocities are typically a few tens o f metres per yea- 
attributable to a combination o f basal sliding and ic; 
creep (e.g. Raymond, 1971; Meier, 1974; Hambre 
and Milnes, 1977). The wide range o f glacier veloci
ties has led to a classification o f glaciers into norm, 
glaciers, w ith velocities typically o f the order с 
101—102 m y r , and fast glaciers, w ith velocities и 
the order o f 102-103 m y r 1 (Budd, 1975; Clark; 
1987b). For normal glaciers, basal shear stresses ar: 
relatively high (40-120 kPa; Paterson, 1994), assoc 
ated w ith relatively high bed strength. Veloc:: 
increases w ith the shear stress, as indicated by the 
sliding relations proposed by Schweizer and Ik;- 
(1992) (equation (4.13)). In contrast, for fast ouii: 
glaciers and ice streams, basal shear stresses ar; 
generally very low (20 kPa for Ice Stream B), associ
ated with low basal drag. The low bed strength 
fast glaciers appears always to be due to the preser..: 
o f pressurized water at the bed in some form 
distributed drainage system such as linked caviti; 
porewater flow or braided canals (Clarke, 198" - 
Kamb, 1991; Humphrey et al., 1993; Meier et a 
1995). It is not yet clear whether normal and la 
glaciers form two distinct populations or are ena- 
members o f a continuum o f glacier types. Certair 
the surging behaviour o f some glaciers indica:. 
two distinct modes o f glacier flow, depending on ; - 
configuration and pressure o f the basal water (Sr. 
tion 4.8). Variations in bed morphology and the str_ - 
response o f subglacial rocks and sediments, ho 
ever, may mean that for glaciers as a whole there 
no clear dividing line between ‘normal’ and 'fa- 
populations.

4.6.2 Variations within glaciers
Where ice creep and subsole deformation contrir. : 
to glacier flow, velocities vary systematically w i  
depth. Velocities are greatest at the surface, and 
the cumulative effect o f the strains in  the underh |  
ice and sediment. In the case o f ice creep, st 
rates are largest near the base o f the glacier, wl 
the shear stress is at a maximum, so that the m erl
in velocity with height w ill be most rapid near 
bed. Closer to the surface, velocity increases 
slowly with height, because strain rates are smaii 
shallower layers o f the ice (Fig. 4.3). Paterson (1 
gives the velocity at the surface o f a glacier as

[(2A/n + l).(Pi.g.sin a)" h"

where us is surface velocity, ub is the velocity a: 
base o f the ice due to sliding and subsole defonr 
tion, A  is a flow law parameter (equation (4.5)). r. 
the flow law exponent (equation (4.5)), p; is ice 
sity, g is gravitational acceleration, and h is the 
thickness.
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r g. 4.23 Cumulative strain fo r  Griesgletscher, Switzerland. Patterns o f cumulative strain are indicated by the progressive 
- ongation and rotation o f ellipses derived from  circles drawn at arbitrary points. Note tha t the highest cumulative strains 
= 'e  at the glacier margins. (From Hambrey et al., 1980. Reproduced by permission o f the International Glaciological Society)

This relation is derived by integrating the strain 
■_ies given by the flow law for ice (equation (4.5))

ith respect to height.
For subsole deformation, strain rates are greatest 

'ear the top o f the deforming layer, where the effec
tive normal stress is at a minimum. Velocities w ill 
therefore increase with height at an increasing rate 
Fig. 4.12; Boulton and Hindmarsh, 1987; Alley, 
1989).

On valley glaciers, drag at the valley sides w ill 
retard the motion o f the glacier margins, so that
• elocities w ill be greatest near the centre-line. This 
pattern is illustrated in Fig. 4.23, which shows the 
displacement and cumulative strain o f a set of 
originally circular regions on the surface o f Gries
gletscher, Switzerland (Hambrey et al., 1980). The 
cumulative strain (shown by the stretching o f the 
strain ellipses) is greatest near the lateral margins, 
but velocities are greatest near the centre-line. The 
progressive bending o f surface features such as ogive 
banding (Section 6.2.3) also reflects this pattern o f 
surface velocities on valley glaciers. Taken together, 
vertical and horizontal changes in velocity in valley 
glaciers produce systematic velocity variations over 
glacier cross-sections. Figure 4.24 shows the distribu
tion o f longitudinal velocities in a cross-section o f the 
Athabasca Glacier, Canada, measured using borehole 
data (Raymond, 1971). The physical mechanisms 
underlying such patterns are now well understood, 
and theoretical patterns match the observed pattern 
with a high degree o f accuracy (Harbor, 1992a).

Velocities also vary along glacier flowlines. As 
noted in Section 4.1, mass balance discharges

Fig. 4.24 Velocity in a transverse cross-section o f 
Athabasca Glacier, Canada: (A) observed; (B) theoretical. 
(From Harbor, 1992a. Reproduced by permission o f the 
International Glaciological Society)

increase from the source o f a glacier to the equilib
rium line, then decrease towards the snout. Thus, f  r 
a glacier with constant cross-section, mass balar..; 
velocities w ill fo llow  the same pattern. However 
longitudinal variations in glacier morpholep 
superimpose additional velocity variation > - - - 
simple pattern. Constrictions in a valley • 
be associated with higher velocities. ' 
charge o f ice can be maintained thr .. r 
cross-sectional area. Higher ve loc iti;' _r. 
associated with glacier steepening 
which tend to accelerate and th ir : r.. ..
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widenings o f a valley profile tend to be associated 
with reduced glacier velocities.

4.7 TEMPORAL VARIATIONS IN 
GLACIER MOTION
The velocity o f glaciers can vary on different 
timescales, ranging from hours to several years. 
Some o f these variations are cyclic, such as daily or 
annual increases and decreases in velocity, but others 
are irregular. In this section we examine velocity 
variations on timescales o f one year or less, and 
velocity changes due to shifts in glacier mass bal
ance. Cyclic velocity variations on timescales o f sev
eral years or more (glacier surge cycles) are 
discussed in Section 4.8.

4.7.1 Velocity variations and basal 
drainage
The single most important control on temporal vari
ations in glacier motion is the distribution and 
pressure o f water at the bed (W illis, 1995). Elevated 
water pressures serve to increase the rate o f strain in 
subglacial deforming layers, owing to the reduction 
in frictional strength, and to increase basal sliding 
rates by increasing the spatial extent o f water- 
filled cavities (Sections 4.4.2 and 4.5.3; Iken and 
Bindschadler, 1986; Boulton and Hindmarsh, 1987; 
Schweizer and Iken, 1992; W illis, 1995). Water 
pressures do not directly affect ice creep rates, 
which are mainly controlled by shear stress and ice 
temperature. Creep rates may, however, be indi
rectly influenced by water pressures, because water 
pressure-controlled variations in sliding rates on one 
part o f a glacier w ill alter the longitudinal stresses 
elsewhere (Hutter. 1983; van der Veen and Whillans, 
1989). Because most velocity fluctuations are depen

dent on variations in subsole deformation and basal 
sliding, cold-based glaciers which are frozen to the:: 
beds tend to flow at constant rates.

The supply o f water due to basal melting doe> 
not vary significantly on short timescales on mo-: 
glaciers, so fluctuations in basal water pressure anc 
glacier motion are mainly due to variations in the 
supply o f water from the surface and reorganization - 
( ‘switches’ ) o f the basal drainage system. Variation - 
in  water from the surface can follow  daily or seasons 
ablation cycles, or result from transient weather 
events such as prolonged clear-sky conditions c: 
periods o f rainfall. Meier et al. (1995) found that, or 
Columbia Glacier, Alaska, ablation rates and melt- 
water production also increased during periods 
when fohn-type winds supplied sensible heat to the 
glacier surface. Correlations between periods o f high 
ablation rates and exceptionally high velocities hav; 
been observed on several glaciers, including White 
Glacier, Arctic Canada (M uller and Iken, 1973 
Unteraargletscher, Switzerland (Iken et al., 1983 
Storglaciaren, Sweden (Hooke et al., 1983, 1989: 
Jansson, 1995), and Columbia Glacier (Meier et al 
1995). Typically, short-term peaks in ablation an. 
velocity are superimposed on a cycle o f higher thar. 
average velocities during the ablation season (Fig. 
4.25).

The supply o f water to the bed can influence glac
ier velocities by increasing the amount o f water tem
porarily stored at the bed in distributed basal 
drainage systems such as linked-cavity networks 
braided canal systems and t il l porewater (Hodge. 
1974; Iken et al., 1983; Iken and Bindschadler, 1986: 
Kamb, 1987; Schweizer and Iken, 1992). In sue' 
systems, there is a positive correlation between dis
charge and water pressure, so that increased suppl; 
to the system results in elevated pressures (Sectio-
3.4.4). Once water drains from the system faster tha- 
it is recharged, water pressures fa ll and sliding veloc
ities are reduced. Evidence in support o f this mode

Fig. 4.25 Short-term velocity flu c tu a tio n  
on W hite Glacier, Axel Heiberg Island. T1-; 
close association between velocity and me- 
rate suggests tha t surface m eltw ater reach
ing the bed exerts an im portan t control c '  
sliding rate. (From Willis, 1995, a fter Mulls- 
and Iken, 1973)



_s been provided by Iken and Bindschadler (1986), 
j -.o observed that periods o f enhanced water pres- 
_re and sliding velocity on Findelengletscher, 

'  л itzerland, are accompanied by temporary up lift o f 
glacier surface, interpreted as the ‘jacking’ effect 

u: pressurized water in cavities. The glacier surface 
-.bsides as the basal water pressure and sliding
• ^ocity return to lower levels, indicating closure o f 
■■e cavities and removal o f water from storage (Fig.

-  26). The effects o f water storage and release have
- '0  been observed on other glaciers. For example,
• _ruse et al. (1992) found that on Glaciar Soler, an 
•Jtiet of the Northern Patagonian icefield, velocity 

'caks occur about 7.5 hours before peak discharges
■ the glacier melt stream, and that velocities fall 

■_pidly as water is drained from the bed.
V ariations in discharge in Rothlisberger and Nye 

. innels are not thought to influence glacier motion, 
‘■гcause water is confined to a small proportion o f the 
_ed and transit times are small. The efficiency o f 
.r.annel systems in draining water that reaches the 
~ed from the surface means that water pressures over 
~uch o f the bed, and glacier sliding rates, can remain 

v even when discharges are high. Therefore, i f  the

£  0 25
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Fig. 4.26 Short-term velocity fluctuations on Findelen
gletscher, Switzerland. Note vertical displacement (up lift) 
and increased w ater level in borehole (increased water 
pressure) around the tim e o f the velocity peak. (From Willis, 
*995, a fter Iken and Bindschadler, 1986)

drainage system ‘switches’ from a distributed to ^ 
channelized network during the course o f a melt sea
son, major drops in subglacial water pressures and 
sliding velocities can be expected. Such switches in 
the drainage system o f Midtdalsbreen, Norway, do 
appear to be associated with a transition to lower 
overall sliding velocities (W illis et al., 1990; W illis.
1995). Drainage reorganizations are also thought to 
play a major role in glacier surge cycles (Section 
4.8).

An additional cause o f velocity variations has been 
observed on Columbia Glacier, a large tidewater 
glacier in southern Alaska. Near the glacier margin, 
the velocity fluctuates in harmony with the tidal 
cycle, with the velocities being about 10 per cent 
higher at low tide than at high tide (Fig. 4.27; Walters 
and Dunlap, 1987; Krimmel and Vaughn, 1987). This 
is thought to be due to the greater back-pressure 
exerted by the deeper sea-water at high tide, present
ing greater resistance to the forces driving glacier 
motion. Periods o f increased velocity lasting for up 
to two days are superimposed on the tidal cycle, 
reflecting periods o f rainfall and increased water 
supply to the bed (Krimmel and Vaughn, 1987). The 
tidal influence on velocity declines upglacier, and in 
the middle and upper reaches o f the glacier, fluctua
tions in velocity are entirely due to variations in the 
water supply from the surface (Meier et al., 1995; 
Kamb et al., 1995).

Some glaciers do not exhibit significant velocity 
variations. Blue Glacier, Washington State, USA, 
shows very little  increase in speed at the onset o f the 
melt season, even though surface meltwater enters 
the glacier via moulins and is transported to the snout 
along the bed (Echelmeyer and Harrison, 1990). 
Engelhardt et al. (1978) found that basal sliding rates 
are very low during the summer, and the motion o f 
the glacier appears to be almost entirely due to in t
ernal creep o f the ice. During the summer months, the 
sliding velocity o f Grinell Glacier, Montana, USA., 
remains remarkably constant at rates o f 33 mm day” 
(12 m yr ') (R.S. Anderson et al., 1982). The lack of 
significant variations in the basal motion o f Blue and 
Grinell Glaciers may mean that basal water pressure 
never attains the separation pressure for their partic
ular bed configurations, and that sliding rates remair. 
independent o f water pressure (Fig. 4.19). Harder: 
understand is the lack o f seasonal velocity varia:: 
on Jacobshavns Isbrae, a fast-flowing outlet : 
Greenland ice sheet, which terminates in - - 
floating ice shelf. Ice velocities on the ice 
very high (> 6000 m yr ), and gradual/ 
upglacier, w ith values o f c. 3000 m • '
15 km from the grounding line and с . ОС 
some 20km  further inland (Echelme;-.- 
son, 1990). In all cases, seasonal vari_:>: . v -  
ity  are very small, despite the fac: z .eant



168 G laciers

Julian day 1984

Fig. 4.27 Time series o f velocity on Columbia Glacier, a tidew ater glacier in Alaska. Note the close relationships betwe; 
semi-diurnal velocity fluctuations and tida l cycles (shown inverted), and the velocity peaks during precip itation events. • 
breaks in the velocity record resulted from  poor visibility. (From Krimmel and Vaughn, 1987. Reproduced by permissior : • 
the American Geophysical Union)

amounts o f surface meltwater are produced during 
the ablation season and enter the glacier via moulins. 
Echelmeyer and Harrison (1990) suggested that this 
meltwater may not penetrate to the bed, but travels 
mainly in englacial conduits at higher levels in the 
ice. Motion o f the glacier would therefore be unaf
fected by fluctuations in meltwater supply from the 
surface. Recent geophysical studies have shown that 
Jacobshavns Isbrae occupies a deep trough, and that 
basal shear stresses are in the region o f 200-300 kPa 
Clarke and Echelmeyer, 1996). Such high shear 

'tresses imply that internal deformation o f the ice, 
and not basal sliding, is the dominant mode o f ice 
motion on this glacier.

4.7.2 Velocity variations and mass 
balance
F.uctuations in basal water pressure influence vel- 
c t\ by altering the resisting forces at the bed o f a 

r _. :er. Velocity variations can also occur, over rather 
err timescales, as a result o f changes in the dri-

• r  g f  ̂ rces or shear stress. As we saw in Section 4.2, 
. ' 'tresses in a glacier are primarily controlled by 

e'vness and surface slope o f the ice (equation
- - • 'hear stresses w ill increase or decrease i f  

_ change in the surface topography o f the 
e t'r • ~  -’ho lies  in mass balance. For

example, higher than average snowfall in the acc. 
mulation area w ill thicken the glacier and incre_ . 
the surface gradient, leading to higher shear s tress  
This results in increased velocities, which serve ta 
discharge the excess mass towards the ablation are.. 
Conversely, excessive ablation w ill thin the glacie 
reducing shear stresses and velocities. Redu*: e. 
velocities associated with glacier thinning have be=- 
observed by Hastenrath (1989) on Lewis Glacie- 
Mount Kenya, over the period 1974-86.

Increases in mass in glacier accumulation areas : 
transmitted downglacier in waves o f increased ve. - 
city known as kinematic waves. The theory o f k i r . 
matic waves on glaciers owes much to the work I  
N ye(1958,1960, 1963,1965b), and has been sumr a- 
rized by Paterson (1994). In essence, a zone i 
increased velocities w ill travel downglacier at a r. : 
about three to five times faster than the ice veloc ;» 
itself, depending on the relative contribution o f .; 
creep and sliding to the motion o f the glacier. In _ - 
vidual packets o f ice travelling downglacier w I  
first accelerate then decelerate as the wave passes. 
Kinematic waves are difficult to distinguish on re_. 
non-surging glaciers, because the surface profile s 
constantly adjusting to changes in mass balance - 
several timescales. However, bulges o f increase : 
thickness, travelling downglacier faster than the 
itself, have been observed on several glacier-
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■ .'.uding the Mer de Glace and Glacier des Bossons
■ the Mont Blanc massif, France, and Nisqually 

acier, USA (Lliboutry, 1958; Finsterwalder, 1959;
• .'hardson, 1973).

-.8 SURGING GLACIERS
-.8.1 Overview
' me o f the world’s glaciers exhibit major periodic 
" --tuations in velocity over timescales ranging from 
. few years to several centuries, swinging between 
: ■ _ses o f rapid and slow flow. Such surging glaciers
- _ • e attracted a great deal o f attention because, like 

.my instances o f unusual or pathological behaviour, 
ey offer a very instructive perspective on ‘normal- 
\  and so can increase our understanding o f the 
>.s between flow mechanisms, basal conditions

- id  climatic inputs for glaciers in general.
Surging glaciers undergo characteristic changes in 
rphology and behaviour during a surge cycle (Fig.

- 28; Meier and Post, 1969; Raymond, 1987; Sharp,

1988a). The phase o f rapid motion is termed the 
surge or active phase, and during it ice is rapidl\ 
transferred from the upper parts o f the glacier (the 
reservoir area) towards the snout. The surge phase 
results in a rapid and dramatic advance o f the glacier 
front, which, combined w ith thinning o f the upper 
reservoir, produces a reduction in the overall gradient 
o f the glacier. The period o f slow flow between 
surges is the quiescent phase, during which ice builds 
up in the reservoir area and the snout stagnates and 
ablates in situ. The increase o f mass in the upper part 
o f the glacier and mass loss near the snout result in 
an increase in the overall glacier gradient, which con
tinues until the next surge cycle is initiated. 
Maximum velocities during the active phase are 
typically 10 or more times the velocity during the 
quiescent phase (Raymond, 1987). For each surging 
glacier, the active and quiescent phases tend to be of 
relatively constant length, resulting in a uniformly 
periodic cycle, although there are large variations in 
cycle length between glaciers and between regions 
(Dowdeswell et al., 1991). In the Svalbard archipel
ago, for example, the active phase o f surging glaciers 
typically lasts for 4 -10  years compared with only

Fig. 4.28 Maps o f Tyeen Gla: s- -  a 
showing shifting zones o* ice * -  :« r _ 
and th inn ing  associatec л ~~ в - zi 
cycle. (From Meier ana = ;.~  ‘ r - 'f  ; e : : -  
duced by permission of the Canadian 
Journal of Earth Scien:e;
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1-3 years for surging glaciers in north-west North 
America. Iceland and the Pamirs (Fig. 4.29). How
ever. although the active phase is longer in Svalbard, 
maximum ice velocities are comparatively low, rang
ing between 1.3 and 16 m day , compared with 
velocities o f 50 m day”  measured on Variegated Gla
cier in Alaska. Thus, during a surge in Svalbard, mass 
is transferred over a longer period but at a lower rate 
than in North America. The quiescent phase is also 
relatively long for Svalbard glaciers (50-500 years) 
compared with other areas (20-40  years). The length 
o f the surge cycle is unrelated to variations in glacier 
size (Post, 1969; Clarke et al., 1986; Dowdeswell et 
al., 1991).

Surging glaciers are not evenly distributed around 
the world’s glaciated regions, but tend to cluster in 
relatively few areas. High concentrations o f surging 
glaciers are found in Alaska, Yukon and British 
Columbia in north-western North America, Svalbard 
and Iceland in the North Atlantic region, and the 
Pamirs in western Asia (Meier and Post, 1969; Post, 
1969; Thorarinsson, 1969; Dowdeswell et al., 1991). 
Surging glaciers have also been recorded in Green
land, on Ellesmere Island and Axel Heiberg Island in 
Arctic Canada, in the Caucasus, Tien Shan and 
Karakoram Mountains in Asia, and in the Andes 
(Hattersley-Smith, 1969; Muller, 1969; Jeffries, 
1984; Espizua, 1986; Weidick, 1988; Dowdeswell et 
al., 1991). Both temperate and subpolar glaciers can 
exhibit surging behaviour, but polar glaciers, which 
are everywhere frozen to their beds, have never been

Ala ska /Y uko n /B C

Duration (yr)

:~oa rison  o f the duration o f surge cycles in dif- 
; :ne world. (From Dowdeswell et al., 1991. 
: .  ; = '~  ss on o *th e  International Glaciological

known to surge. There is also evidence that, w ith :' 
regions, the overall geometry o f surge-type glacier- 
is significantly different from that o f non-surging 
glaciers. Clarke et al. (1986) and Clarke (1991 
found that, for glaciers in the Yukon, surge-type glac
iers tend to be longer, wider and less steep than nor
mal glaciers, and that glacier length shows the 
strongest individual correlation with surge tendenc; 
Glacier length is also significantly correlated with 
surge behaviour for Svalbard glaciers (Hamilton an. 
Dowdeswell, 1996). In addition, there is a tendenc 
for surging glaciers to occur on certain rock types. I i  
Svalbard, surging glaciers are most like ly to occur - 
sedimentary rocks (Hamilton and Dowdeswei
1996), whereas in the Alaska range many surgir. 
glaciers are found within the Denali Fault system b. 
are absent from the hard, granitic rocks o f the Coa- 
Mountains (Post, 1969). The causal relationship 
between glacier length, bedrock geology and ter 
dency to surge are unclear. However, glacier lengtr 
and geology can be expected to influence the balan:: 
velocity and bed configuration respectively, two ke 
variables that determine long-term glacier behavic.'

Glacier surges are not triggered by climatic flue:. 
ations (Meier and Post, 1969), but instead result frc л 
oscillations in the internal workings o f the glacier. I: 
clear that the rapid and large changes in glacier veloc 
that occur during surge cycles result from variation- - 
basal sliding, which apparently reflect reorganizatn - 
in the subglacial drainage system (Kamb e ta i, 19vr' 
Kamb, 1987; Fowler, 1987b; Sharp, 1988a). The trig
ger for such reorganizations and the physics o f glac . 
motion during the active and quiescent phases I 
surging glaciers have provided a major focus : r  
research, and are discussed in Section 4.8.2.

The concentration o f surging glaciers in cen_r 
regions, and systematic inter-regional variation^ n 
the length and duration o f surge cycles, suggest th г 
there is some link between surging behaviour and с i  
matic inputs. An important step towards understar 
ing the nature o f this link  was made by Budd (19~5 
as the result o f numerical modelling experiments. He 
argued that surging and non-surging glaciers exh:~it 
contrasting relationships with the local climate, fa 
normal and continuously fast glaciers, the anr... 
mass balance can be discharged by typical ice fl » 
velocities. However, in surging glaciers, the d im . с 
mass throughput is too great to be discharged by si * 
flow alone, but too small to sustain fast flow over : - 
long term. Therefore, these glaciers build up slov » 
until fast flow is triggered, whereupon they drain .r 
rapidly and exhaust the ice supply, and fast flou s- 
halted. Once slow flow is re-established, ice bu: j  
up once more in the reservoir area, until the c \.n  
begins again. The velocity o f surging glaciers is th _s- 
constantly out o f equilibrium w ith climate, either 
overshooting or undershooting the mass balar . :
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■ r/'c ity  as the glacier oscillates between fast and 
x л modes o f flow (Fig. 4.2; Bindschadler, 1982;

'л р , 1988a). Budd (1975) went on to suggest that 
--rging and non-surging glaciers may pass from one 

re to the other at times o f changing climate, given
- . riciently large changes in the mass balance.

According to Budd’s model, the basal conditions 
_ r j  flow mechanisms o f surging glaciers oscillate
■ ..ween two states, neither o f which is sustainable in 
*.e long term. This idea has been taken further by

•vler (1987b), who showed that, for certain values 
:: mass balance and bed roughness, the geometry, 
■_'al drainage system and velocity o f modelled glac- 
ers w ill undergo cyclic oscillations resembling surge 
. -les. The work o f Budd and Fowler indicates that 
-rging behaviour is linked with particular combina- 

ns o f climate and basal conditions, although glac- 
: logical theory is not sufficiently advanced to allow 

. ^ct values to be defined for real-world glaciers.
Surges leave distinctive structural imprints on 

glaciers. One o f the most obvious is the presence o f 
ped medial moraines, which are striking tear- 

. ■ p-shaped loops o f debris on the surface o f many 
-rging glaciers (Gripp, 1929; Meier and Post, 1969; 

Troot, 1988c). Looped moraines record cyclic differ- 
rr.ces in velocity between a trunk glacier and its 
-.butaries (Fig. 4.30). I f  tributary glaciers surge 
hen the main trunk glacier is quiescent, they 

.advance across the valley, forming loops which are 
.-rried downglacier by the next surge Of the trunk. 
The intense shear characteristic o f the margins o f 
-rging glaciers can form longitudinal foliation in 

ice (Pfeffer, 1992; Section 6.2.4), whereas com- 
::ession at the surge front causes folding, thrust
- Jting, crevassing, and thickening o f basal debris 

■equences (Fig. 4.31; Sharp et al., 1988; Lawson et
. 1994; Section 5.4.4). Lawson (1996) used aerial 

r rotographs spanning the period 1947-83 to study 
le structural evolution o f Variegated Glacier, Alaska,
■ er two complete surge cycles. She found that surg- 
g creates distinctive crevasse patterns on the glac-

. : surface. In the upper parts o f the glacier, which 
ere unaffected by surges, transverse crevasses record 

r redominantly extending flow. In contrast, the middle 
ne o f the glacier has a complex crevasse pattern,

■ eluding longitudinal crevasses formed by compres- 
-:ve flow in advance o f the surge velocity peak and 
-.insverse crevasses formed by extending flow

- ehind the velocity peak. Finally, the lower zone is 
. laracterized by longitudinal crevasses. This zone 
_y downglacier o f the final position o f the velocity
■ eak. and experienced only compressive flow.

4.8.2 Observations and mechanisms
Detailed time-series observations have been made on 
r.!y a few surge-type glaciers, notably the Medvezhiy

(b)
Fig. 4.30 Abrahamsbreen, Svalbard: (a) in 1969 before a 
surge; and (b) in 1990 after a surge. Note the form ation o f 
looped medial moraines on the trunk glacier by the t r=-s- 
port o f tribu ta ry  lobes. (Aerial photos provided by No t * 
Polarinstitutt)

Glacier in the Pamirs (Dolgushin and O -:r _ “ 5
1978), Variegated, West Fork and Black R . ir . i '  - T r 
iers, Alaska (Kamb et al., 1985: H irr>  ~
1994; Heinrichs et al., 1996), and T r - i r r . ... e: 
Yukon (Clarke et al., 1984a: Cl-irke B.^ie. 
1991). Less detailed observations . _ - i>een
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Fig. 4.31 The heavily crevassed snout o f Eyjabakkajokull, 
Iceland, during the 1972 surge. (Photo: C.M. Clapperton)

made on several other glaciers (e.g. Meier and Post, 
1969; Echelmeyer et al., 1987).

The most complete record is for Variegated Glac
ier, where measurements o f changes in the geometry, 
velocity, basal water pressure and meltwater discharge 
during the 1982/83 surge and the latter half o f the 
preceding quiescent phase have yielded a very com
prehensive picture o f the evolution o f the glacier and 
its basal drainage system (Kamb et a l,  1985; Ray
mond, 1987). During the quiescent phase, the reser
voir area thickened and the receiving area thinned, 
resulting in a steepening o f the glacier. A t this time, 
surface velocities progressively increased, with 
maximum summer values rising from c. 0.2 m day 
in 1973 to с. 1 m day in 1981. These increases were 
largely due to rising ice creep rates resulting from 
increasing shear stresses, but a small contribution 
was also made by increased sliding rates. Through
out this period, measured velocities were much less 
than calculated balance velocities (Bindschadler et 
al., 1977; Raymond and Harrison, 1988). Each June 
and July between 1978 and 1981, the thickening 
reservoir area underwent four to six waves o f accel
erated motion similar to surges, but on a smaller 
'Cale and termed minisurges (Kamb and Engelhardt,
1987). The mini surges propagated downglacier as 
kinematic waves o f elevated ice velocity (Section 
-,~.2). w ith the wave peaks passing downglacier at 
250—100 m hr , or c. 1000 times the ice velocity. As 
_-_eh wave passed through a point on the glacier, ice 
el cities increased abruptly (over a few hours) then 

iecayed more slowly, over one day or so. The veloc- 
: - waves were accompanied by waves o f increased 

water pressure, with similar abrupt rises and 
rjills. The minisurges were similar to short-term 

. -  - o? ' o f accelerated motion observed on non- 
; : aciers i Section 4.7.1), and were attributed 

m  ютрогагл increases in sliding velocity caused by 
A r  e m fa  o f w ater-filled cavities at the bed associ
a te  ± a pulse o f meltwater under high pressure.

There was no apparent meteorological cause for 
increased meltwater, and Kamb and Engelhard
(1987) concluded that the water had been releasee 
from storage in reservoirs (probably subglacial * 
Hydrological aspects o f the meltwater pulse 
have been discussed in detail by Humphrey et ai
(1986).

The glacier surged in two phases, the first begin
ning early in 1982 and terminating in July o f th^ 
year, and the second beginning in the winter 
1982/83 and lasting until early summer (Kamb et a L  
1985). The second phase was the more extensive, an. 
affected almost the whole o f the glacier. Each phas  ̂
took the form o f a kinematic wave o f enhances 
velocities propagating downglacier, the leading edg. 
o f which was a dramatic ice bulge or surge frorr 
(Raymond et al., 1987). Peak velocities were ir 
excess o f 50 m day , and occurred on the lower par 
o f the glacier a short distance upglacier from the 
advancing surge front (Fig. 4.32). Behind the zor.i 
o f peak velocities, the glacier was subject to larg; 
tensile stresses and was extensively crevassed. Witr 
the passage o f the surge waves, the ice surface i i  
the reservoir area fell, leaving blocks o f ice strande. 
on the valley walls, marking the former maximu- 
thickness. During the surge phases, the velocity fluc
tuated on hourly, daily and multi-day timescales. Or 
several occasions, velocity peaks were followed b; 
abrupt slowdowns, the last o f which marked the ter
mination o f the surge. The slowdown events coin
cided w ith drops in subglacial water pressure 
indicating that they reflect hydraulic controls on the 
sliding rate. Dye-tracing experiments conducted dur
ing the surge phase indicate low meltwater tran-: 
velocities (с. 0.02 m s ) and temporary water stor
age at multiple sites below the glacier, suggestive ! 
an inefficient, distributed subglacial drainage system, 
probably a linked-cavity network (Sections 3.4.4 an. 
4.5.3; Kamb et al., 1985; Kamb, 1987). Surge termi
nation was accompanied by the rapid release o f larg-. 
amounts o f stored water and a marked increase ir 
transit velocities to c. 0.7 m s , indicating a rap:; 
transition from a distributed subglacial drainage net
work to an efficient conduit system.

The course o f the whole surge cycle is inferred t 
be strongly controlled by the storage, distributior 
and pressure o f water at the bed. The initiation 
both surge phases during the winter led Raymorr
(1987) to argue that rapid sliding was triggered b\ 
rising water pressures at the bed, resulting from the 
closure o f the conduit system that drained the glacie- 
during summer. Conduit closure occurred by ice 
creep at a threshold value o f ice overburden pressure 
below the thickening reservoir area. This is though: 
to have trapped subglacial water in a distributee 
system, leading to extensive cavity formation an; 
accelerated sliding (Section 4.5.3; Kamb, 1987). The
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Fig. 4.32 Time series o f velocity changes on the upper and lower Variegated Glacier during the 1982/83 surge. (From Kamb 
et al., 1985. Reproduced by permission o f the American Association fo r the Advancement o f Science)

pressurized cavity system persisted until the fo llow 
ing summer, when increased water discharges caused 
rhe re-establishment o f efficient drainage, reducing 
subglacial water pressures and halting rapid sliding. 
The second surge phase repeated the pattern o f the 
nrst, until rapid motion was again terminated by 
.mother release o f stored water. Geometric changes 
:n the glacier reservoir area prevented renewed 
^urge activity the following winter, and the glacier 
entered the quiescent phase. The tim ing o f surge 
initiation on other glaciers lends support to this 
model. The 1986/87 surge o f Peters Glacier com
menced in winter (Echelmeyer et al., 1987), and the 
1987/88 surge o f West Fork Glacier began in late 
August, after the main Alaskan melt season (Harri
son et al., 1994).

Raymond’s (1987) interpretation o f the Variegated 
Glacier surge does not provide a general model o f 
surge initiation and termination, however, because 
subpolar glaciers, which are partially frozen to their 
beds, also surge. No subpolar glacier has been mon
itored over a whole surge cycle, so that there are n 
data available on ice flow and drainage evolution dur
ing a surge. Nevertheless, extremely valuable reser
vations have been made on Trapridge Glacier. r . ~ 
document the evolution o f the glacier durir.; - __ - 
escent period (Clarke et al., 1984a; Clarke ;  ? _■.
1991). The margin o f Trapridge Glacier - • 
to the bed, but further upglacier the ..
the pressure melting point and res::-; 
unfrozen, deformable sediment. S :r„ ; 
the glacier was first surveyed, ar. ~" .  . - . . -
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Fig. 4.33 The wave-like bulge 
on Trapridge Glacier, Yukor 
(Photo: Garry Clarke)

like bulge has formed on the glacier surface, forming 
an advancing lobe with a steepening frontal edge 
i Figs 4.33 and 4.34). The bulge first developed above 
the boundary between the cold-based ice at the 
margin and the wet-based ice upglacier, but has now 
overtaken the thermal boundary. Development o f the 
bulge reflects a discontinuity in the flow o f the glac
ier. which is slow in the frozen margin and more 
rapid where the bed is at the melting point. Much 
o f the forward movement o f the bulge is due to sub
sole deformation. Clarke et al. (1984a) and Clarke 
1 1987c) proposed that a surge may be initiated by 
progressive changes to the water flow system over and 
through the porous subglacial sediment. According 
to this model, water is progressively retarded at the 
bed during the quiescent period, elevating subglacial 
porewater pressures and encouraging sediment dila- 
tancy and rapid shear. The increased porosity o f the 
dilatant till should lead to improved subglacial 
drainage, lowering strain rates and terminating the 
surge phase.

Several unanswered questions remain with this 
model. In particular, the thermal dam provided by 
the frozen marginal ice plays an unknown role in

regulating surge behaviour. Surges may be initiated 
by the breakdown o f the dam, or the glacier may 
overpass the dam by the development o f extensive 
englacial thrust faults beneath the bulge. Evidence 
for the propagation o f englacial thrusts has been doc
umented by Clarke and Blake (1991), suggesting that 
the glacier may eventually surge by overriding its 
own margin. This mechanism may also have played 
a role in the 1973 surge o f Medvezhiy Glacier (Dol
gushin and Osipova, 1975). Trapridge Glacier is 
expected to surge w ithin the next few years, and it is 
to be hoped that continued monitoring w ill allow the 
surge mechanism to be understood. Despite the great 
advances that have been made in recent years in our 
understanding o f surges, a complete theory remains 
elusive, and awaits an expansion o f the observational 
database.

Some ice streams draining continental ice sheets 
have measured velocities that differ markedly from 
calculated balance velocities, suggesting the intrigu
ing possibility that ice streams may undergo oscil-

4.8.3 Surging ice streams?



1980-1989

: g. 4.34 Propagation o f the wave-like bulge on Trapridge 
;  acier, 1980-89. The profile fo r  1980 is shown as a solid 
*e; profiles fo r subsequent years are shown as dashed lines 
583, 1986, 1989) or dotted lines (all other years). (From 

;  arke and Blake, 1991. Reproduced by permission o f the 
“ .ernational Glaciological Society)

_:ory flow variations resembling surges. Ice Stream 
В in West Antarctica, for example, has measured 

elocities o f с. 1000 m yr , compared with a balance 
elocity o f c. 400 m y r  ', whereas neighbouring Ice

> cream С has a balance velocity of_c. 600 m yr but 
measured velocities o f only 5 m yr (Fig. 4.2; Shab- 
:Je and Bentley, 1987; Whillans e ta i, 1987). Clearly, 

either ice stream is in equilibrium with climate and 
. itchmenl geometry: the discharge o f Ice Stream В 
is unsustainable in the long term, whereas excess 
_e is accumulating in the catchment o f Ice Stream

C. Geophysical investigations o f Ice Stream С reveal 
-jried  zones o f marginal crevasses, similar to those 
: >und at the surface o f active ice streams, suggesting 
:hat Ice Stream С was in a state o f fast flow until 
-bout 250 years ago (Whillans et al., 1987; Clarke, 
1987b). It is possible that the two ice streams switch 
^tween fast and slow flow on a timescale o f several

centuries. This switching may result from m igrr.: - 
o f the catchment boundaries, but this appear^ ur.'. - 
kely, and it is possible that the ice streams ma> be 
exhibiting some type o f surge behaviour (Fastcx k. 
1987; Clarke, 1987b).

It has also been suggested that parts o f the large 
mid-latitude Pleistocene ice sheets may have surged. 
Recently, particular attention has been focused on the 
possible surging behaviour o f the Fludson Strait ice 
stream o f the last Laurentide ice sheet. Evidence from 
ocean cores indicates periodic advances o f this ice 
stream and associated high discharges o f icebergs into 
the Labrador Sea and North Atlantic (Heinrich events: 
Heinrich, 1988; Andrews andTedesco, 1992; Bond et 
al., 1992). Massive influxes o f fresh water from melt
ing icebergs may have exerted a strong influence on 
oceanic and atmospheric circulation in the North 
Atlantic region and further afield, possibly modulat
ing patterns o f global climate change (Bond et al., 
1992; Street-Perrot and Perrot, 1990). Instability of 
the ice stream has been attributed to rapid motion due 
to subsole deformation (Clark, 1994), and to periodic 
switching between periods o f buildup and surge, 
called binge-purge cycles (MacAyeal, 1993a, b). 
Modelling studies indicate that the ice stream could 
have alternated between being cold-based during ice 
build-up and wet-based during purges, with the tran
sition occuring at some critical ice thickness and gra
dient (MacAyeal, 1993b; Fowler and Johnson, 1995). 
While this model is compelling, recent evidence sug
gests that Heinrich events may be driven by climatic 
cycles unrelated to the internal dynamics o f the Lau
rentide ice sheet (Bond et al., 1993). Surging o f the 
Laurentide and other Pleistocene ice sheets remains 
an intriguing, but unproven, possibility.
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5.1 INTRODUCTION

The glacier bed is the least accessible, yet possibly 
the most important of all glacial environments. In 
Chapter 4, we saw how the glacier bed can be viewed 
as a shear zone, including the lower layers of the ice, 
the ice-bed interface, and deformable parts of the 
glacier substratum, and saw how the greater part of 
glacier motion occurs by deformation and slip in this 
zone. The subglacial shear zone is also of profound 
importance for glacial erosion, transport and deposi
tion, for it is here that the glacier interacts directly 
with the landscape. Subglacial erosion encompasses 
the range of processes by which rock material passes 
between the immobile bed and the subglacial shear 
zone, and subglacial deposition encompasses the 
transfer of debris from the shear zone to the bed. 
Subglacial transport describes the mechanisms and 
effects of strain in the subglacial shear zone itself. 
Some of the most characteristic and spectacular 
glacial landforms are produced in the subglacial 
shear zone, including features such as ice-scoured 
rock surfaces, overdeepened troughs and drumlins.

A reasonable understanding of subglacial environ
ments has emerged only very recently. Many years of 
painstaking study have been necessary to identify the 
main processes that occur at glacier beds, and to 
relate these processes to forms and sediments that 
survive in the geological record. Progress was slow 
because modern glacier beds, where processes of 
shear, erosion and deposition are currently active, are 
inaccessible or expensive and difficult to reach. Con
versely, for the beds of now-vanished glaciers, where 
access is simple, the nature of the former subglacial 
processes may be very difficult to reconstruct (Fig. 
5.1). In recent years, more rapid progress has been 
made by a creative interaction between observation

Fig. 5.1 Subglacially eroded bedrock, Switzerland. Ancient 
glacier beds are easy to  reach and study, but the processes 
responsible fo r the ir evolution can be understood only by 
studying modern glaciers, conducting laboratory experi
ments, and theoretical modelling. (Photo: N. Spedding)

of modern glacier beds, study of subglacial land
forms and sediments, theoretical modelling, and 
experimentation in the field and laboratory. In partic
ular, a great number of useful data have been col
lected from boreholes, tunnels, natural cavities and 
remote sensing techniques, which have produced a 
much more complete picture of subglacial condi
tions. These data have provided important input for 
glaciological theory, and have suggested new ways 
for interpreting glacial geological evidence. Man\ 
questions remain unanswered, however, and sub
glacial research remains an exciting and rapidly 
developing field of study.

In this chapter, we shall examine the processes of 
subglacial erosion and deposition, the ways in which 
sediment is transported in the subglacial shear zone, 
and the relationship between sediment dynamics and 
the formation and deformation of basal ice. One of 
the great recent breakthroughs in subglacial research 
has been the realization that many of the processes of 
erosion, strain and deposition at the glacier bed 
reflect the same fundamental set of forces (Boulton. 
1974, 1975; Hallet, 1979a). Essentially, erosion, 
transport or deposition all depend on the balance 
between the imposed shear stresses, which tend to 
cause movement or failure of materials, and the 
strength of materials, which tends to resist movement 
or failure. Erosion and transport occur if the shear 
stresses are greater than the strength of bed materials, 
whereas material will be deposited or remain fixed to 
the bed if bed strength is greater than the applied 
stresses. This idea provides a powerful unifying 
framework for subglacial studies, and one which wil' 
be used throughout this chapter.

5.2 GLACIAL EROSION, 
TRANSPORT AND DEPOSITION

5.2.1 Basic concepts
In Section 4.4.2, we saw how the deformation of sub
glacial sediments depends on the balance between 
the applied shear stresses and the frictional and cohe
sive forces holding the sediment together. Exactly the 
same principle holds true for subglacial erosion and 
deposition, as illustrated in simple form in Fig. 5.2 
Imagine a single particle embedded in the basal ice 
of a glacier, in contact with a rigid rock bed. The ice. 
which is sliding on the bed, exerts a shear stress or. 
the particle. A frictional and cohesive force exists 
between the particle and the underlying rock, anc 
tends to resist motion of the particle. In essence, if 
the shear stress is greater than the resisting force, 
then the particle will be dragged over the bed; and ir 
the shear stress is less than the resisting force, ther.
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ICE FLOW I
Drag force tending

: 5.2 A simple model o f particles at the glacier bed, 
1 . r -a tin g  the balance o f forces leading to  subglacial ero-
■ . ~ эг deposition. If the drag force exerted by the ice on a 
: :  ~ :le exceeds the resisting forces, the particle w ill be set 
r  -D tion ; if  the drag force is less than the resisting force, 
T  т ^article w ill remain fixed to  the bed or be deposited

г  . ^article w ill be retarded against the bed and the 
-: - il l flow round or past the particle by some com-
■ _:ion o f plastic flow and regelation (Section
- ' 2 1. When shear stresses are high enough to set the 
.":cle in motion, erosion occurs: the particle has

к  ;n detached from the bed and has entered glacial 
~ : -port. The converse situation, where the particle 
:■ T.es to rest as a result o f rising resisting force or 
. ng shear stress, is deposition: the particle has left 

. _-ial transport and has become part o f the substra- 
These principles apply whether the ‘particle’ is 

isolated rock fragment beneath a glacier, part o f 
. ‘ assemblage o f such particles, part o f a subglacial 
.: rming layer, part o f a rock bed, such as a protu- 
. ance or a joint-bounded block, or even part o f
■ 'ther particle. A ll components o f the glacier bed 
i  the subglacial shear zone can be seen as poten- 
I у movable particles which w ill undergo transport

x die driving stresses can overcome the resisting 
i'cces, and w ill be deposited i f  they cannot. In the 

.-e o f a rock bed, the frictional and cohesive resist-
■ e forces are generally much higher than for uncon-

- dated sediments, but they can still be analysed in 
T.ach the same way.

5.2.2 Stress and frictional strength
: 2.2.1 INTRODUCTION
“ he basic model o f erosion, deposition and transport 

/jstrated in Fig. 5.2 is useful as an overall frame-
• rk , but needs to be refined i f  it is to be o f practical 
. -e in understanding subglacial processes. Most

■ portantly, we need to be able to measure or calculate 
're stresses and resisting forces in any given situation.
Shear and normal stresses vary considerably over 

". irt distances on a rough glacier bed or around a 
'article. The magnitude o f these stresses is very

dependent on the shape o f interacting surfaces, and 
pronounced stress concentrations develop around 
protuberances, crack tips and other sharp corners. 
Stress concentrations are areas where stresses are 
significantly higher than average, and play an impor
tant role in determining where breakage or deforma
tion occurs. These spatial variations in stress can be 
expressed as stress gradients, and, other things being 
equal, failure and erosion are most likely to occur 
where stress gradients are high, because o f the ten
dency for materials to move from areas where 
stresses are high to areas where they are low. Exam
ples o f stress concentrations and their influence on 
patterns o f erosion are given in Section 5.3.

The strength o f subglacial materials or contacts 
between particles also varies spatially and tempo
rally. As described in Section 4.4.2, the strength o f 
geological materials can be divided into cohesion, 
arising from chemical bonding and electrical forces, 
and frictional strength, arising from the interlocking 
o f small protuberances (asperities) between surfaces. 
The cohesive strength o f a particular material is usu
ally regarded as a constant, although for unconsoli
dated sediments it may vary with the degree o f 
packing (Clarke, 1987c). Frictional strength can be 
determined using the Coulomb equation (equation 
(4.6)), and is equal to the effective normal force 
pressing the material together multiplied by the 
angle of internal friction, a dimensionless index 
unique to each material. The frictional strength of 
subglacial materials is therefore highly variable, and 
can change dramatically as the stress conditions 
change. The cohesive strength and angle o f internal 
friction for a range o f geological materials are shown 
in Table 4.1.

Three models o f subglacial friction, and their vary
ing implications for basal sliding, were described in 
Section 4.5.4. These models -  the Coulomb, Hallet, 
and sandpaper friction models (Schweizer and Iken,
1992) -  also have differing implications for sub
glacial erosion, transport and deposition. Each is dis
cussed in turn below.

5.2.2.2 COULOMB FRICTION MODEL

The Coulomb friction model assumes that the most 
important control on the strength o f subglacial 
rock-rock contacts is the weight o f the overlying ice. 
rock and water pressing the surfaces together, minus 
the water pressure at the contact. This relationshir is 
described by the form o f the Coulomb equation gr. er. 
in equations (4.6) and (4.8). The model was r.rst 
employed in theoretical studies o f subglacial er 'ion  
and deposition by G.S. Boulton (1974. 1 u"5. ! - ” 9i. 
who assumed that the interface between - parti
cles and the glacier bed is free o f ice. and : nsbts o f 
points of contact and cavities iF k  5 - Contact
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Fig. 5.3 Model o f particle-bed contact according to  Boul
ton  (1974, 1975). The real area o f contact o f the particle (A,) 
is much less than the apparent area o f the particle (Д). 
According to  this model, air- or water-filled cavities can 
exist beneath the particle

between the particle and the bed occurs at protuber
ances or asperities, or via smaller particles trapped in 
the cavities. Owing to the presence o f cavities 
beneath the particle, the real area o f contact (A r) is 
much smaller than the apparent area o f contact (A;). 
Water pressure in the cavities is assumed to vary 
independently o f the ice overburden pressure. Boulton 
argued that, i f  the weight o f the particle itself is 
ignored, then the frictional force between the parti
cle and the bed (F t) depends mainly on the weight 
o f the overlying ice minus the water pressure in the 
cavities:

F, = (P ig h - P JA ,  tan ф , (5.1)

where pj is ice density, g is gravitational acceleration, 
h is ice thickness, Pw is water pressure beneath the 
particle, Aj is the apparent area o f contact between 
the particle and the bed, and tan cp is the angle o f 
internal friction.

I f  the water pressure is zero, the component in 
brackets is simply the weight of the ice column, 
whereas i f  the water pressure equals the ice overbur
den pressure, = 0. Equation (5.1) gives the contact 
force over the whole apparent area o f contact (Д), 
but significant stress concentrations w ill occur at the 
real points o f contact. The average normal stress at 
the contact points w ill be given by

a, = F JA r (5.2)

h ere Ar is the real area o f contact between the par- 
г . and the bed. The Coulomb model, therefore, 
predicts that very high contact forces can exist 

een rock surfaces beneath glaciers, particularly
- * ere ice is thick and subglacial water pressures are

- Boulton. 1974).
ever, the model is probably valid only in spe- 

cnA circumstances. Hallet (1979a), Drewry (1986)

and Iverson (1995) have argued that since kx 
behaves like a viscous fluid, it  w ill deform cor 
pletely around particles, pressing in on them w: r 
equal force in all directions. Therefore, the ice w 
buoy up the particle as well as press down on it. a- j  
the contact force w ill be completely independent 
ice thickness. A  useful analogy is a pebble resting . 
the bottom o f a lake: the normal force exerted by th s 
particle on the bed is simply due to the buoyL-: 
weight o f the particle, and not the depth o f the wat:' 
However, in some situations, Boulton’s model doa 
seem to be appropriate. Observations made in largs 
cavities and tunnels show that small water- and - : 
filled cavities can exist around and beneath partie s  
at the bed o f glaciers (Fig. 5.4; Vivian and Bocqu;.. 
1973; Boulton, 1974; Boulton et al., 1979;Ander> : 
et al., 1982; Souchez and Lorrain, 1987). The^; 
small cavities form when ice in contact with the p _ - -  

ticle melts during the regelation sliding process ; 
does not completely refreeze (Iverson, 1990, 1993; 
see Section 4.5.2.1). Water pressure in the cavitirt 
can be less than the ice overburden pressure i f  : 
water is able to drain away. Water drainage and :• . 
formation o f low-pressure cavities are most likely 
occur in the vicin ity o f an integrated subglac J  
drainage system, such as conduits or linked cavi: rk 
(Sections 3.4.2 and 3.4.4). Schweizer and I*., i
(1992) have pointed out that the Coulomb frict: a 
model w ill probably also apply for rock fragme- 
that have just been detached from bedrock, and h. j  
not yet been fu lly  enveloped by the ice. Both this 
the previous case are transient situations which occ 
before the ice surrounding a particle can find а г. щ 
equilibrium.

The Coulomb friction model is also though: 11 
give reasonable approximations o f subgla^ . 
stresses for (a) the base o f rigid slabs o f debris-r.. i 
ice (Schweizer and Iken, 1992), and (b) in a s jt 
glacial deforming layer, where interstitial ice i  
absent (Boulton and Hindmarsh, 1987).

Ice flow rela tive-------------►
to bed

20 mm

X M l i K
A

В

Fig. 5.4 Cavities around particles held between basa э 
and the bed observed during laboratory experiments or 
sliding o f debris-rich ice. (From Iverson, 1993. Reprinte: : 
permission o f Geology)
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2.2.3 HALLET FRICTION MODEL

t  contrast to the Coulomb model, Hallet’s (1979a, 
- '  I ) friction model regards basal friction as being 
-.-pendent o f ice thickness and subglacial water 

' '-'sure (Section 4.5A.2). Instead, the contact force 
•. een a particle and the bed w ill be the sum o f 
в» components: (a) the buoyant weight o f the par- 
i - e: and (b) a drag force resulting from ice flow 
i  ^rds the bed. The buoyant weight is the weight 
i :he rock particle minus the weight o f the same
■ ;me o f ice:

F b = f7 t t f a3 (pr - p i ) £  (5.3)

* ere F b is buoyant weight. * n R 3d is the volume o f 
. particle, pr is density o f the rock (c. 2700 kg m 

I  - granite), p, is the density o f ice (c. 900 kg m " ), 
xrJ g is gravitational acceleration (9.81 m s ). Thus, 
i  r -pherical granite particles,

Fb = * X  3.14 X  R l X  (2700 -  900) X  9.81 

= 7.396 X  104 R l

~~e cubic relationship between particle radius and 
re contact force means that the frictional strength 
_e to buoyant weight is very much greater for large

■ -"icles than for small ones.
\gain assuming spherical particles, Hallet calcu- 

_:ed the drag force between a particle and the bed
- - e to ice flow towards the bed as

Fj = un [/471.tan qjj R 3/ (R j  + R a2)] (5.4)

ь "ere uB is the ice velocity normal to the b e d ,/is  a 
-лог that modifies the drag force for the near-bed 

. ndition, cpj is the angle o f internal friction, Rn is the 
: -rticle radius, and R 3X is the transition radius analo- 
c us to the controlling obstacle size in sliding theory 
'ection 4.5.2). Hallet suggests a representative 
-iue o f 0.1 m.
Thus, high contact forces w ill arise when un is 

,:ze; that is, when the ice is flowing rapidly towards 
:e bed as a result o f basal melting and vertical 
'-lining. Frictional forces w ill therefore tend to be 
chest for particles in contact w ith the upglacier 
ces of bumps on the bed, where un is large owing to 

: 'essure melting and enhanced creep.
The total frictional force F  w ill be given by

F  = F b + F, (5.5)

This contact force w ill all act across the real area o f 
. ntact between the particle and the bed. I f  this is 
_.all, large stress concentrations w ill exist at the 

. ntact. High frictional drag w ill occur, therefore, 
-•elow large, heavy particles, where basal melting 
_:es are high and ice is straining rapidly towards the

bed, and where the real area o f contact beneath a par
ticle is small in relation to its radius.

This model and its modification by Shoemaker
(1988) are applicable to the case o f sparse basal debris, 
where ice flow around particles is not influenced by 
flow disturbances around its neighbours. For high 
debris concentrations, the sandpaper friction model is 
more appropriate (Schweizer and Iken, 1992).

5.2.2.4 SANDPAPER FRICTION MODEL
As described in Section 4.5.4.3, the sandpaper fr ic 
tion model is a modified form o f the Coulomb model, 
in which basal drag is a function o f the effective nor
mal pressure and the area o f the bed occupied by 
water-filled cavities between particles (equation
(4.18)). The larger the area occupied by cavities, the 
smaller the average drag force on the bed. Consider
able stress concentrations, however, w ill occur at the 
actual points o f rock-rock contact between the 
debris-rich ice and the bed. The average magnitude 
o f the normal stress at the contact areas is

= [(Pigh ~ sPw) tan ф|]/(1 -  s) (5.6)

where (1 -  s) is the proportion o f the bed occupied 
by rock-rock contacts. When (1 -  s) is small (i.e. 
when water-filled cavities cover much o f the bed), 
the contact forces at particle-bed contacts w ill be 
high. The possibility that large stress concentrations 
can occur below debris-rich ice has potentially 
important implications for subglacial erosion and 
sedimentation.

5.2.2.5 SUMMARY
Schweizer and Iken (1992) argue that the Hallet 
model is the most applicable where basal debris is 
sparse, the sandpaper model is applicable where 
debris concentrations are high, and the Coulomb 
model applies in transient situations or where basal 
debris is rig id or ice-free. It is worth noting, however, 
that all three models are approximations o f real con
ditions, and the use o f three separate models to 
encompass variation in a single environment is prob
ably unrealistic. In the future, it may be possible to 
formulate a single, unified model o f subglacial fric 
tion. Such a model is likely to be complex, and would 
need to include particle size and shape, debris con
centration, bed morphology, basal melting rate', 
water pressure and ice thickness. In general, how
ever, the following points can be made regarding the 
friction below particles at the ice-bed interface

1. Particle-bed friction increases w ith panicle 'ize.
2. Friction increases with basal me!’ which 

cause the glacier to flow towards the her. exerting 
drag on the particle.
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3. Friction is greatest against the upglacier sides of 
bumps, where the ice is flowing towards the bed 
i Hallet friction) and where ice overburden pres
sures are highest (Coulomb and ‘sandpaper’ fric 
tion).
High friction is encouraged by the presence o f 
low-pressure cavities beside or below particles, 
w hich serve to increase the effective overburden 
pressure below the particle.

5. I f  other factors are constant, friction w ill increase 
with debris concentration.

6. Friction is also affected by particle rolling, as a 
rolling particle w ill exert less drag on the glacier 
bed than one that is sliding. (An everyday exam
ple o f this is what happens under the wheels o f a 
car.)

In combination, these factors determine the friction 
between particles or between particles and the glac
ier bed. In turn, friction influences bed strength, so 
that variations in the factors controlling friction w ill 
determine the location o f glacial erosion and deposi
tion.

5.2.3 Melting and freezing
In Section 5.2.2 we saw how the frictional forces 
between rock particles, and the strength o f subglacial 
materials, depend on particle size, debris concentra
tion and whether rock particles are enveloped by ice, 
water or a mixture o f the two. It is therefore useful to 
think o f subglacial materials as three-component sys
tems consisting o f rock, ice and water in varying pro
portions, and material strength as a function o f the 
particular rock-ice-water mixture. The proportions 
o f ice and water w ill change during melting and 
freezing, and the proportion o f rock w ill change by 
various processes such as the loss o f meltwater from 
debris-rich ice, the formation o f ice lenses, the addi
tion o f rock particles from the bed, and the removal 
o f particles by meltwater and deposition on to the 
bed. Debris concentration can also be affected by 
flow patterns in the basal ice.

As noted in Section 2.5, melting and freezing can 
result from changes in temperature or changes in 
rressure. Heat for melting can be supplied from geo
thermal sources, sliding friction, flowing water or the 
.r.nosphere above the glacier, whereas heat can be 

st to flowing water, the atmosphere, cold ice or a 
. d substratum. Pressure increases can cause melt- 

r by lowering the local melting point o f ice to the 
r ent temperature. Conversely, reductions in pres- 

'_re may elevate the local melting point above the 
r ent temperature, causing freezing. The relation- 

«hp between pressure and temperature is important,
. : means that melting and freezing can occur 

«■■iBBeously in different parts o f a glacier bed in

response to pressure variations. The effect o f pres
sure on melting/freezing temperature as a glacier 
flows over bumps and other obstructions has impor
tant implications for glacial erosion (Robin, 1976). 
and is discussed in detail in Section 5.4.1. Melting 
and freezing can also occur simultaneously within 
straining debris-rich ice, as ice flows around individ
ual particles by regelation (Iverson, 1993).

We now go on to describe the detailed processes o: 
erosion, sediment transport and deposition in the 
subglacial environment.

5.3 THE EROSION OF HARD ROCK 
BEDS
Traditionally, subglacial erosion o f hard rock beds : > 
subdivided into two distinct processes: abrasion, o: 
the grinding o f fine-grained material, and quarrying 
or the failure o f larger blocks (Sugden and John. 
1976; Drewry, 1986). The two processes have much 
in common, however, and both involve three bask 
stages: (a) rock failure, in which fragments are loos
ened from the bed; (b) evacuation, in which frag
ments are removed from their original position; anc 
(c) transport, in which fragments are entrained b> 
ice, water or in a subglacial deforming layer (Sugde: 
and John, 1976; Rothlisberger and Iken, 1981 
These stages can be recognized regardless o f scale 
they apply at the level o f silt-sized particles abrade»: 
during the scoring o f striations, or at the level o f large 
blocks plucked from the bed. Evacuation and trans
port can also occur in the absence o f failure i f  pre
existing loosened material exists at the bed. In th: 
section, we examine the processes o f rock failure ar,. 
evacuation at different scales. Section 5.6 examine 
transport and erosion processes for deformable bed'

5.3.1 Mechanisms of rock failure
Rock failure can occur by breakage along pre-ex ь 
ing weaknesses or by the development o f new fra. - 
ture surfaces. Many rocks are seamed by weakness 
on many different scales, from large, readily vis iK ; 
joints and faults down to microscopic cracks an; 
cleavage planes in mineral grains (Fig. 5.5). The siz; 
and density o f such weaknesses are highly variable 
and are major factors determining the strength o f dif
ferent rocks. For example, shale splits readily alo' i  
closely spaced bedding planes, whereas joints :* 
granite tend to be far apart. In  some rocks, wea!- - 
nesses can be continuous enough to completely is 
late volumes o f rock, such as joint-bounded bloc» • 
When this is the case, rock failure is simply a m ar; - 
o f widening the existing fractures, a process к my. ■ 
as discontinuous rock-mass failure (Addison, 198 .
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hi

: ;  5.5 Joints on form er glacier beds: (a) deep and widely 
: ; :e d  jo ints in abraded granite, Makinson Inlet, Ellesmere 

s ;nd; (b) shallow and densely spaced jo ints on a limestone 
-. "aleback, Spitsbergen. (Photographs by D.J.A. Evans)

V : re usually, weaknesses are not continuous at first, 
are extended as a result o f imposed stresses until 

'ey jo in  up, leading to failure.
The mechanisms o f crack growth (or crack propa- 

:s:iori) have been intensively studied by engineers 
. eking an understanding o f how and why structures, 
-rh as bridges, skyscrapers and aircraft, fa il in cer- 
iin  circumstances. A  very readable engineer’s 
..rount o f crack growth and its implications is pro
ved by Gordon (1976), and detailed studies o f the 

mechanisms o f rock fracture can be found in a vol- 
-me edited by Atkinson (1987). Cracks grow as a 
•;sult o f tensile stresses, or stresses that tend to pull 
.e walls o f the crack apart. The presence o f the 

.~ack causes pronounced stress concentrations 
-round the crack tip, increasing the likelihood o f 
-rack growth and rock failure (Fig. 5.6). For two par

ries in contact, or a particle in contact with the glac- 
rr bed, tensile stresses are developed close to the

- ntact where the relatively high normal stresses 
issociated with the contact give way to the relatively 

л normal stresses in the surrounding area. In other

a

Fig. 5.6 Idealized stress patterns in a rectangular block 
under tensile stress (a) w ithou t, and (b) w ith  a crack. The 
presence o f the crack focuses stress trajectories (i.e. the 
paths along which stress is passed from  molecule to  mole
cule) around the crack tip , increasing the likelihood o f fa il
ure there. (M odified from  Gordon, 1976)

words, the tensile stresses are due to a gradient in the 
normal stress. This tensile stress causes the growth o f 
favourably oriented cracks in the bedrock or particle, 
and may eventually lead to failure.

For any given stress, the likelihood o f crack 
growth depends on the length o f the crack, and 
longer cracks are more likely to grow than short 
ones. This is because crack growth releases stored 
strain energy from the surrounding rock (Section
4.2.2), which is then available to break apart more 
rock at the crack tip. The longer the crack, the more 
strain energy is released, and the easier it w ill be to 
make the crack grow. Engineers recognize that, for 
each material, there is a threshold crack size, divid
ing two very different types o f behaviour. Above the 
threshold, the strain energy released by crack growth 
easily causes renewed growth, and the crack can 
grow in an explosive manner. In contrast, for short 
cracks, the small amount o f strain energy released is 
insufficient to cause additional fracture, and crack 
growth is unlikely. The threshold length is callec :he 
critical Griffith length after the aircraft engineer A. A. 
Griffith, who laid the foundations o f modem fracture 
mechanics in the 1920s. Cracks longer than the 
threshold length are critical cracks, and th «e below 
it are subcritical cracks (Fig. 5.7).

It is probable that much glacial er v r f  rock 
beds is due to discontinuous rock ir ._ "  :_rure and
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Fig. 5.7 G riffith  model o f crack grow th. Line 0-A  repre
sents the energy requirement to  grow  cracks o f length L; 
0-B is the strain energy released by the progress o f the 
crack; and 0-C is the net available energy in the system. For 
cracks shorter than length Y, more energy is needed fo r 
crack grow th than is released; these subcritical cracks w ill 
not tend to  grow. In contrast, fo r cracks longer than length 
Y, more energy is released by crack grow th than is required 
fo r crack extension; these are critical cracks which can grow 
catastrophically. (M odified from  Gordon, 1976)

the growth o f critical cracks under applied shear 
stresses. As rock is stressed by overriding ice, critical 
cracks may grow rapidly, isolating volumes o f rock 
and allowing erosion to take place. However, it is 
clear that in the long term, fracture o f apparently 
intact rock can occur below glaciers. This is probably 
due to a phenomenon known as subcritical crack 
growth, where cracks below the critical Griffith 
length grow slowly, step by step, until they reach the 
threshold length, at which point rapid failure can fo l
low. The main mechanism o f subcritical crack 
growth is thought to be chemical weathering encour
aged by the presence o f water in the crack, but the 
extension o f microscopic cracks may also be impor
tant. particularly i f  the material undergoes several 
cvcles o f stressing and stress release (Atkinson and 
Meredith, 1987).

5.3.2.1 STRIATION

Striae (singular: striation) are formed as asperities : 
rock particles are dragged over bedrock or clasti 
scouring out thin grooves. As an asperity passes c. er 
a rock surface, there is a temporary stress concern-. 
tion in the rock below the asperity, leading to t i*  
development o f tensile stresses. I f  the tensile stre>~ s 
sufficient to promote crack growth, brittle fa il in  
occurs below the asperity, and as the asperity mo . 
on, a striation is left behind as a trail o f dama^: 
Striae are therefore the cumulative effect o f s r . ]  
brittle failure events marking the passage o f over- 
ing particles (Fig. 5.8). Drewry (1986, p. 51 r_ 
described how the striation process is not continu. л

but comprises jerky steps. As grooving commence- 
there is a build-up of elastic strain at the asperity t;r 
This is released giving rise to the impact of the asper
ity against the rock surface with subsequent produc
tion of rock chips. . . . The sequence the: 
recommences.

Evidence for this type o f jerky abrading mou:e 
comes from studies o f industrial rock c u n : t 
(Drewry, 1986), and from the micromorpholog) ef 
natural striae. Although striae seem continuous to e 
naked eye, through the microscope they are seer. : 
consist o f numerous crescent-shaped fractures, e .. к 
marking a discrete failure event (Fig. 5.9; Iver^ u 
1990, 1995).

The follow ing factors are generally regarded j -  
being the most important in controlling the effic ier. i  
o f the striation process (e.g. Sugden and John, 19~<t 
Drewry, 1986):

Relative hardness o f rock surface and 
overriding clast
The striation process is most effective when the j 
riding clasts are much harder than the bed, bec^_ <c 
softer rocks are more like ly to fa il under imp . 
stresses than harder ones. This was clearly deir 
strated by Boulton (1979) in a series o f ехрешг.е* a 
conducted beneath Breidamerkurjokull, Icelanc 
which plates o f different types o f rock were bolte_

5.3.2 Abrasion
Abrasion is generally regarded as ‘the process 

hereby bedrock is scored by debris carried in the 
~.1 'Л  layers o f the glacier’ (Sugden and John, 1976,
- 152: see also Drewry, 1986; Iverson, 1990). In this
- we adopt a broader definition o f abrasion, and 

. : :o embrace the processes o f striation (the scor-
■ r : '-■edrocki and polishing, in which the rough-

• surfaces is reduced by small-scale brittle 
t i i  : rrotuberances.

Direction of 
particle motion

Striation

Particle asperity

■ Transient stre: s 
concentratio- : 

leading to 
localized frac- *

Fig. 5.8 Simple model o f the striation process. (Mcc - 
from  Drewry, 1986)
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c

и he glacier bed and left to be striated by the over- 
■g ice (Fig. 5.10). Measured abrasion rates were 

т  . - i  to be inversely proportional to bed hardness, 
ж  - -vere several times higher for limestone (hard
's = 180-210 kg mm ) than for basalt (hardness 
= • "5-905 kg mm-2).

: : ce pressing the clast against the bed
X*er factors being equal, the tensile stresses around 
-- .rities in clasts being dragged over bedrock
■ _ -ease with the force pressing the clast towards the 
: - The higher the contact force, the greater the
■ -rgy that is available for the striation process. A  
ur.iliar analogy is the use o f sandpaper to wear 
. .n wood: the harder the sandpaper is pressed

n. the more effective the sanding process for any
- ■ en velocity. As described in Section 5.2.2, it  is dif-

- -It to specify the contact forces between clasts 
. i  in ice and a glacier bed. According to the

(d)
Fig. 5.9 Scanning electron micrographs o f striae at a range 
o f scales. Note the abundant evidence fo r b rittle  fracture 
w ith in  striae compared w ith  the smooth appearance o f the 
neck between striae. (Micrographs supplied by L.A. Owen)

Coulomb friction model, contact forces depend 
mainly on the weight o f the overlying ice, minus the 
water pressure at the bed (Boulton, 1974, 1975). In 
contrast, the Hallet friction model states that contact 
forces depend on the buoyant weight o f particles and 
the rate o f ice flow towards the bed (Hallet, 1979a, 
1981). Finally, the sandpaper friction model indi
cates that contact forces depend on the weight o f the 
overlying ice and the area o f the bed occupied by 
water-filled cavities (Schweizer and Iken, 1992). 
Although the predictions o f these models differ in 
detail, in general, contact forces w ill be h igher 
where rapid basal melting lowers large particles 
towards the bed, and where free drainage allows tran
sient low basal water pressures.

Another factor influencing contact fe n ;- ' > the 
rotation o f clasts held in the basal ice. I f  d a > >  г  >tate 
or ro ll along the bed, shear stresses tran'rerred : )  the 
bed w ill be lower than for clasts held in the
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N o rm a l p r e s s u r e  (MPo)

Fig. 5.10 Measured abrasion rates fo r three locations 
beneath Breidamerkurjokull, Iceland. Rates o f abrasion 
were measured fo r platens o f d iffe ren t materials bolted on 
to  bedrock. Material hardnesses were as follows: marble = 
450-510 kg т п Г 2; basalt = 865-905 kg m ir f2; slate = 
605-660 kg т г гГ 2; limestone = 180-215 kg m m '2; alu
m inium = 50-60 kg mm 2. The inverse relationship between 
hardness and abrasion rates is clearly apparent. Dimension- 
less abrasion rates predicted by Boulton (Coulomb friction) 
theory are also shown. The general pattern o f abrasion 
rates firs t rising then fa lling  w ith  normal pressure is also 
apparent in the measured rates. (From Drewry, 1986, after 
Boulton, 1979)

ice, reducing the forces available for striating the 
underlying rock. The likelihood o f fragment rotation 
is influenced by particle shape and by the pressure 
imposed by the overlying ice (Boulton, 1978; Iver
son, 1990).

Velocity o f clast relative to  bed
The rate at which clasts are dragged over the bed is 
an important control on abrasion rates, because it 
governs the area o f bedrock that is traversed by 
abrasive material in any given time. An important 
point is that the velocity o f a basal clast relative to 
the bed is often less than the velocity o f the ice, 
owing to the existence o f drag forces between the 
clast and the bed, and the ability o f the ice to flow 
past the clast by plastic flow and regelation. Clast 
velocity is therefore not a simple function o f ice 
velocity, but also depends on particle-bed contact 
forces and debris concentration (Hallet, 1979a, 
1981). When the contact forces between a particle 
.ind the bed are high, the particle tends to be 
retarded against the bed, reducing the rate at which 

r.;sses over the underlying rock. The lim iting case 
•.curs when contact forces are so high that the par- 

' ..e lodges against the bed, and can no longer 
the underlying rock.

’ - '  me cases, reduction o f particle velocity rela- 
. :ne bed can actually increase the amount o f 

because it increases the amount o f time

during which an asperity is pressed against one s m J  
region o f the bed. This may encourage subcri: . t 
crack growth and failure o f the bed, which migh: - i 
have occurred i f  the asperity had passed quickly i  J 
the area.

Concentration o f debris in ice at the abradin: 
surface
I f  the velocity o f clasts relative to the bed is const_- l. 
the amount o f striation w ill increase with the nun.: r 
o f particles in contact with the bed. However, cla* 
velocity is strongly influenced by debris concer.t-J 
tion, because the number o f particle-bed conr_. t  
controls the amount o f friction at the glacier S* . 
High friction tends to retard particles against the ~ . 
reducing the amount o f striation. Consequently \  
efficiency o f the striation process first increases я 
increasing debris concentration, then falls off. V  c* 
elling by Hallet (1981) suggests that maximum srrii 
tion rates should occur at debris concentratior - 4 
10-30 per cent, although in some circumstances с ;*  
siderable abrasion should be possible below de_- - 
rich ice with ‘sandpaper fric tion ’ (Section 5.2 I  - 
Schweizer and Iken, 1992).

Removal o f wear products
During the striation process, large numbers of 
particles are created, and tend to accumulate ar. . 
asperities in the striating clasts (Boulton, 1974; ’ »  
son, 1990). I f  these wear products are not remc =4 
they w ill tend to increase the effective area o f cc 
between the clast and the bed, thus reducing clast- 
friction and the efficiency o f the striating p rix . 
Fine wear products (<50 pm) can be remove- 
water flowing in thin films at the bed (Hallet, 19"+ 
whereas larger particles can be flushed out thr 
channels or linked cavity systems.

Availability o f basal debris
The striation process is most effective where r 
cles are brought into contact with the bed by 
melting and ice deformation. Since ice flow tow 
the bed is greatest on the upglacier sides o f bu 
debris availability, and hence the effectiveness > r 
striation process, w ill be highest in such areas I -  
let, 1979a, 1981; Iverson, 1995). Shoemaker 
has argued that when ice slides over a wav\ - 
particles w ill tend to be elevated to the t. : 
bumps, then transported at this high level. Tr 
fore, those particles w ill contact the bed only - 
the crest o f bumps located downglacier, lim itir . 
effectiveness o f the striation process (Fig. 5 
Abrasion o f the lower parts o f bumps w ill therm ж  
depend on the availability o f debris freshly er .Ш  
from the bed, particularly the lee side o f b c - p  
immediately upglacier (Hallet, cited in Ive* s. 
1995).
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Regelation ice Abraded zone

Fig. 5.11 The effects o f 
debris availability and ice 
f lo w  mechanisms on abra
sion. (A) Shoemaker (1988) 
model fo r sliding dominated 
by regelation. Debris ele
vated by upstream bumps 
stays at a high level, and so 
is able to  abrade only bump 
crests. (B) Hallet model fo r 

1 sliding dominated by rege
lation. Freshly plucked 
debris is able to  abrade all 
the stoss side o f bumps. (C) 
Hallet model fo r sliding by 
enhanced deform ation and 
regelation. Freshly plucked 
debris and debris from  
upglacier are able to  abrade 
stoss sides, and abrasion can 
occur fo r a short distance 
downglacier o f the bump 
crest. (M odified from  Iver
son, 1995)

Regelation ice

Ice flow lines

^  Freshly plucked debris

Debris from upglacier

Regelation ice

"he above factors have been incorporated into math-
- "natical models o f abrasion (e.g. Boulton, 1974; 
-allet, 1979a, 1981; Drewry, 1986; Shoemaker, 
^88; Iverson, 1995). The most widely accepted is
■ i t  developed by Hallet, who regards abrasion rates 

. '  a function o f bed hardness, debris concentration, 
:article size and particle velocity (both parallel to 
-id  towards the bed). Important experimental evi- 
_;nce in support o f the Hallet model has been pro-

ded by Iverson (1990), who found that measured 
_:es o f abrasion were in reasonable agreement with 
■ose predicted by theory. It should be emphasized,
■ nvever, that these results apply only to idealized 
. nditions w ith sparse basal debris, and that theoret- 
:al understanding o f the general striation process is 
::I1 far from complete.

5.3.2.2 POLISHING

’■lost discussions o f glacial abrasion assume that the 
-brasion o f rock surfaces occurs as the sum o f ind i

vidual striating events, gradually wearing down and 
smoothing the surface. Careful examination of 
abraded rock surfaces, however, shows that areas of 
relatively smooth rock occur between striae. We sug
gest that these areas form by a distinct process o f pol
ishing, in which small protuberances are removed by 
overriding rock particles and ice. Small protuber
ances on a rock bed w ill tend to be the location of 
stress concentrations below overriding ice and basal 
debris (Section 5.2.2.1). The presence o f these stress 
concentrations w ill locally increase the likelihood o f 
bedrock failure by critical or subcritical crack 
growth, so that brittle failure is more likely to occur 
at protuberances than elsewhere. This w ill tend to 
remove the protuberances and smooth the bed. Stress 
concentrations w ill occur around bed protuberances 
even below flat, non-striating clast surfaces and 
masses o f compressed rock flour, so that the break
age and removal o f protuberances -  or r  >ning -  
can be expected to be independent o f the striation 
process, and may occur in its absence 'r iee d . where
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the glacier bed and clasts in the basal ice are o f equal 
hardness, polishing may be the dominant process o f 
abrasion.

5.3.2.3 ABRASION BY CLEAN ICE V. ROCK
PARTICLES

Until recently, it was thought that clean ice could not, 
by itself, cause bedrock failure, and that all sub
glacial abrasion was achieved by particles being 
dragged over the bed. However, Budd et al. (1979) 
conducted laboratory experiments that demonstrated 
that clean, sliding ice could erode rough granite 
slabs. Extrapolated erosion rates o f up to 55 mm yr 
were observed, maximum rates occurring at high 
normal and shear stresses and sliding velocities. 
Riley (1979) questioned the representativeness o f 
these results, and suggested that they merely demon
strate the removal by ice o f pre-existing loose mater
ial from the rock surfaces. He claimed that once 
loose material is removed, erosion rates w ill fa ll to 
more representative low values.

It is possible that the main mechanism o f abrasion 
below clean ice is polishing, since all the drag below 
clean, wet-based ice is the form drag supported by 
protuberances, which w ill therefore be the locus o f 
high stress concentrations (see Sections 4.5.2 and
5.3.2.2). This would also im ply a reduction in abra
sion rates with time as the roughness o f the bed 
decreases, reducing the stress concentration effect. 
Whatever the effectiveness o f ice as an erosive agent, 
it is agreed that subglacial erosion is much more 
rapid when rock fragments are present in the basal 
ice (Drewry, 1986). This is partly because rock frag
ments form hard, effective cutting tools, and partly 
due to the presence o f asperities at the base o f frag
ments, focusing the applied stresses on relatively 
small areas o f the bed.

5.3.3 Quarrying
The fracture o f large fragments (greater than с. 1 cm) 
from rock beds occurs by essentially the same 
process as abrasion. Temporary stress concentrations 
form below overriding ice or clasts, tending to 
enlarge and connect weaknesses in the rock and 
eventually leading to detachment o f a fragment. The 
distribution o f joints and other pre-existing cracks in 
rock can exert a strong influence on patterns o f frac
ture. by providing the conditions for discontinuous
- /-.-mass failure  (Addison, 1981). Some authors
- e emphasized the role o f pre-glacial weathering
■ _ necessary' precondition for large-scale erosion
■ . 4 .den and John. 1976; Addison, 1981; Rastas

'e rra lii.  1981: Lindstrom, 1988, and references 
r e  Ггаск grow th may also occur by periglacial 
pnoesses below the margins o f glaciers, where heat

can be evacuated from the bed, especially during 
winter (e.g. R.S. Anderson et al., 1982; Iverson,
1995).

Examination o f fractures in former glacier beds 
and recent theoretical modelling, however, show that 
stress patterns are o f primary importance in deter
mining the location o f failure surfaces by initiating 
the growth o f suitably oriented microcracks. Failure 
o f bedrock is most like ly where there are large stress 
gradients, where tensile stresses tend to pull the rock 
apart (Section 5.2.2.1). Common situations where 
large stress gradients occur are (a) beneath large par
ticles as they are dragged over the bed; and (b) near 
the lee side o f obstacles or steps on the bed, particu
larly where cavities are present. Figure 5.12 shows 
modelled stress patterns associated w ith the passage 
o f a particle over a flat glacier bed (Ficker et al.. 
1980). In the case shown, a low-pressure cavity i« 
present in the lee o f the particle; this w ill occur i: 
water melted during the regelation process is able t

A

Us

Fig. 5.12 Calculated stress patterns in a horizonta 
bed associated w ith  a rock particle held in sliding ice 
Distribution o f normal (P„) and shear (x) stresses at the 
surface. (B) The velocity o f the particle (Up) is less th a ' 
o f the ice (U ) ow ing to  fric tional retardation. As a res, t  
low-pressure cavity opens up in the lee o f the partic г 
Contoured values o f the maximum stress in the rock 
tive values are compressive, negative values are te 
(From Drewry, 1986, a fte r Ficker e ta /., 1980)
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_ n away freely (Sections 4.5.2.1 and 5.2.2.2).
I  . :mum normal stresses (P n) are developed below 
T _ ro in t o f contact, and maximum shear stresses (t) 

-. _r below and for some distance in front o f the par- 
i  - . The pattern o f maximum stresses within the bed 

.vs compressive stresses below the particle and a 
с . ~ :ng zone o f tensile stresses in front o f and below 
•: .eading edge. The growth o f critical microcracks 
n '-".is zone o f tensile stress may lead to the quarrying 

. arved rock fragments, leaving crescentic fractures 
icc  chattermarks like those found on subglacially 

oed surfaces (Section 9.2.3). Subcritical cracks 
n - grow slowly under repeated loading by overpass- 

r rarticles, until the critical crack length is reached, 
: --:ng to sudden crack growth and failure.

The stress distribution associated with ice flow 
i  er a bedrock obstruction was modelled by Morland 

i  Boulton (1975) and Morland and Morris (1977). 
_e case, where the average normal stress (P „) is
■ kPa, is shown in Fig. 5.13. Local values o f P n 

i  low a wave-like oscillation over the obstruction, 
. ‘ i  are highest halfway up the stoss side, where ice

• is towards the bed, and lowest halfway down the 
-r face, where ice flow is away from the bed. The 
enest shear stresses occur near the foot o f the lee 

-_e. where stress may be high enough to initiate 
■_eture o f weak sedimentary rocks, such as silt- 

nes, limestones and some sandstones. The mod- 
. ed stresses are too low to account for the fracture 

narder rocks such as schist, basalt and granite, and 
V  rland and Boulton (1975) concluded that sub- 
r _cial quarrying o f such rocks must involve failure
- ng pre-existing joints. More recent modelling, 
' л ever, has shown that quarrying o f intact hard
■ cks can occur i f  the presence o f low-pressure cavi- 
es is taken into account.
The case o f fracture near a step cavity is illustrated

■ Fig. 5.14 (Iverson, 1991). For a steady-state water
ed cavity, in which Pw is equal to the ice overbur-

;en pressure, bedrock stresses are at a maximum 
_:acent to the cavity. I f  water pressure drops,
- edrock stresses increase dramatically while the ice 
.rusts  towards a new equilibrium. Stress in the 
■edrock is generally vertically oriented and compres-

■ e. leading to the development o f fractures that are 
. >o close to vertical, so that fragments w ill spall o ff 
-?proximately parallel to the back o f the step. Con
ations o f rapidly fluctuating water pressure are 
rrobably common where supraglacial meltwater 
caches the bed (Section 3.2.3.4), so that this mecha-
:>m may play a major role in subglacial quarrying. 
Iverson (1991) also argued that water located in 

■ints and microfractures plays an important role in 
le fracture o f bedrock in the vicin ity o f subglacial 

.c itie s . He showed that water pressure in rock frac- 
ures cannot change as rapidly as can the water pres- 

-ure in larger cavities, because there is a lim it to the

Fig. 5.13 Modelled stress d istribu tion in a subglacial rock 
knob. (A) D istribution o f normal stress at the interface; (B) 
maximum shear stress in surface rock layers; (C) maximum 
shear stress contours at depth (MPa); (D) orien ta tion of 
principal stress axes. Ice f lo w  from  le ft to  right. (From 
Drewry, 1986, a fte r Morland and Boulton, 1975)

rate at which water can flow into or out o f narrow fis
sures. This means that i f  the water pressure at the bed 
fluctuates, there w ill be a delay during which the 
water pressure in  rock fractures w ill differ from that 
at the bed. This delay w ill be greatest for massive 
rocks w ith narrow fractures, and least for porous, 
well-jointed sedimentary rocks. I f  the water pressure 
at the ice-bed interface is falling, such as during 
waning discharge in a linked-cavity system, water 
pressure in rock fractures w ill remain relatively high 
while the system adjusts. This w ill tend to weaken 
the rock, because the water w ill support some : :he 
confining pressure, reducing the rock-to-r с к friction 
across the fracture (this effect is summarized in the 
Coulomb equation; Sections 4.4.2.2 and 5.2 2.21. A t 
the same time, the reduced pressure in the adjacent 
cavity w ill mean that the proportu r. f :r.e eight o f



190 G laciers

Fig. 5.14 Modelled principal stresses in bedrock upstream o f a step cavity. (A) Steady-state case, where w ater pressure - 
the cavity (PJ = 2.1 MPa. Principal stresses are at a maximum adjacent to  the  step. Downward-pointing arrows show the . т 
tical component o f ice flo w  in the cavity roof. (B) Stress pattern associated w ith  a sudden drop o f w ater pressure to  Рш - 
1.5 MPa. Note the dramatic increase in principal stresses and vertical ice velocities. (M odified from  Iverson, 1991)

the glacier formerly supported by pressurized water 
w ill be shifted to the bedrock surface, increasing the 
local shear stress. The combination o f reduced 
rock-rock friction, higher shear stresses and the pres
ence o f low-pressure cavities w ill create ideal condi
tions for rock fracture. In addition, high-pressure 
water in rock joints w ill also encourage long-term 
subcritical crack growth, further weakening the rock. 
Quarrying is even more likely to occur i f  falling cav
ity water pressures coincide with the passage o f a 
large particle over the rock step.

Hallet (1996) modelled the controls on quarrying 
on a glacier bed composed o f step cavities and rock 
ledges, and found that quarrying rates are sensitively 
dependent on basal sliding rates and the proportion 
л  the bed occupied by cavities (Figs 5.14 and 5.15). 
According to this model, quarrying rates are small 

r.en there are few cavities at the bed, because aver
se 'tresses on the area o f ice-rock contact are rela- 

: ve!y small. When cavities form on larger areas o f 
- r  ~ r d  i.e. when higher water pressures cause more 

. :.- ':v e  ice-bed separation), the basal stresses have
■ -ported on a smaller area o f ice-rock contact, 

; - . ■ - _■ :he stress concentrations at these points and 
_ :he likelihood o f crack growth and rock

fracture. For very extensive cavity formation, qua-  - 
ing rates diminish, because the area affected by f .: 
loads is very small. There are few empirical data oa 
subglacial quarrying rates which would allow tes: *; 
o f this model, but Hallet has argued that condit: i - 
favourable for rapid quarrying existed below Y. - 
gated Glacier during the 1982—83 surge, when effec
tive pressures were small and an extensive system :r 
linked cavities existed beneath the glacier (Sec: и 
4.8.2; Kamb et a l,  1985; Kamb, 1987; Hum pr-; 
and Raymond, 1994). During the surge, the se d ir : - 
flux in proglacial streams was very large, equiva . 
to basal erosion rates o f about 0.5 m per 17-;. 
surge cycle. Since erosion rates during quie>. 
phases are likely to have been small, it  was с »  
eluded that quarrying rates may have been as h 
as 100 mm yr~ during the surge. Such rates a:, 
the upper lim it o f estimated subglacial erosion r 
indicating that conditions were optimal for quarr 
(Section 5.3.6; Hallet et al., 1996).

5.3.4 Removal of fragments
Once rock fragments have been loosened from 
glacier bed, they must be set in motion by ice
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: :  5.15 Removal o f rock fragments from  a rock bed. (A) 'Active', high water-pressure cavity exerting a hydraulic jacking 
: • :e. Fragment removal is unlikely because freezing w ill be inhib ited. (B) 'Passive' low-pressure cavity, in which a rock frag- 

- i ' t  has been frozen on due to  the Robin heat pump effect. (C) Combination o f freezing and driving force at intermediate 
к ;:е г  pressures. (Redrawn from  Rothlisberger and Iken, 1981)

■ ing water before erosion is complete. A  number 
ж mechanisms have been proposed to account for 

v blocks and rock fragments can be removed from
■ _ bed by overriding ice. Robin (1976) argued that

■ -.’ king can occur as the result o f a heat pump effect
•%hich basal ice locally freezes on to the bed as

■ _rt of the regelation sliding process. As discussed in 
--.tion 4.5.2, glacier sliding over a rough bed

■ lives large fluctuations in basal pressure in the 
..nity o f rock knobs. On the upglacier side of

i t  -tructions, where the glacier is flowing towards the 
' . pressure is higher than average, causing sponta- 
' r us melting o f the ice. Robin argued that melting 
_-urs at the bed and at grain boundaries within the 

•- 'a l ice, from which water is expelled through
• r ns. This process removes heat from the ice and 

ers its temperature to the depressed pressure 
. .ting point. As the ice flows over the lee side o f the 

-'truction, the pressure falls, but the temperature 
-innot rise to the new, elevated pressure melting 
point because the lost meltwater is not available to 
■eat the interior o f the basal ice. Therefore, cold 
:  aches w ill develop, causing the ice locally to freeze 
'. to the bed. As a result, rock fragments can adhere 

the ice and be removed from the bed.
The heat pump effect has been demonstrated 

experimentally by Rothlisberger and Iken (1981), 
»ho also considered the role o f cavity formation on 
ie plucking mechanism. We saw in Section 4.5.3 
--.at the opening o f basal cavities beneath a glacier is 
encouraged by locally high basal water pressures 

^cking’ the glacier o ff the bed in lee-side zones. 
The increase o f lee-side pressure associated w ith this 
rrocess w ill tend to inhibit the formation o f cold
■ _:ches and the associated freezing on o f rock debris. 
Therefore, Rothlisberger and Iken argued that the
■ eat pump effect w ill tend to operate either in ‘pas

sive cavities’ that are isolated from the main sub
glacial drainage network and experience only low 
water pressures, or during the closure o f ‘active cav
ities’ as water pressures fall (Fig. 5.15). Note that 
conditions o f falling water pressure, shown by Iver
son (1991) to be conducive to rock fracture, w ill also 
be favourable for the freezing on o f fragments. This 
emphasizes the importance o f non-steady-state con
ditions for subglacial erosion.

The removal o f rock fragments w ill also be 
encouraged i f  the friction between the fragment and 
the parent rock is reduced. One mechanism for fric 
tion reduction has been observed under Oksfjord- 
j0kelen in Norway by Rea and Whalley (1994). The 
bed o f this glacier is at the pressure melting point and 
consists o f a series o f abrupt, well-jointed rock steps 
aligned transverse to ice flow. Rea gained access to 
the glacier bed via a large cavity between two rock 
steps, and observed basal ice being squeezed under 
pressure into rock joints. The ice was very plastic, 
and was clearly under high stress. In one case, the ice 
had flowed into the joints around and beneath a large 
block on the bed, completely surrounding it (Fig. 
5.16 (Plate 14)). The presence o f this ice dramati
cally reduced the friction between the block and the 
bed, facilitating removal o f the block by the overrid
ing ice. Rea and Whalley suggested that such injec
tion o f plastic ice into rock joints may be a very 
important plucking mechanism, particularly where 
basal shear stresses are high and sliding rates low. It 
is probable that this process also requires low basal 
water pressures in order to be effective.

5.3.5 Erosion beneath cold ice
Sliding is negligible or non-existent below cold- 
based ice, owing to the high adhesive -trength o f ice
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and rock below the pressure melting point. There
fore. abrasion w ill not be an effective erosive mech
anism beneath predominantly cold-based glaciers. 
Drewn 1 1986), however, has pointed out that clasts 
embedded in the base o f cold-based ice w ill be sub
ject to some drag force because the ice above the bed 
w ill be shearing by internal deformation. This drag 
force may be sufficient to cause rotation and slip o f 
the clast over the bed, possibly resulting in a limited 
amount o f abrasion. In comparison with predomi
nantly wet-based glaciers, however, the amount of 
abrasion w ill be very small.

In contrast, plucking processes can be effective 
under certain conditions below cold ice. The main 
requirement is that the shear strength o f at least part 
o f the substratum should be low enough to allow 
brittle or ductile deformation under the glacially 
imposed stresses. This condition is most like ly to be 
met for well-jointed rocks or unconsolidated sedi
ments. Boulton (1979) has described glacial pluck
ing o f frozen dune sands below Wright Lower 
Glacier in the Dry Valleys region, East Antarctica, at 
temperatures o f -15°C . The sands are partly 
cemented by ice but also contain ice-free pores and 
ice lenses derived from blown snow. The ice-sand 
interface is relatively smooth but with a few hum
mocks, reflecting the original dune morphology. In 
several places, blocks o f sand have been displaced 
and incorporated within the ice, w ith varying 
amounts o f disaggregation. There was evidence for 
both brittle and ductile failure o f the sands. Blocks 
were found up to 2 m above the bed, and appear to 
have been incorporated w ithin the ice by the differ
ential ice flow around the flanks o f hummocks. 
Experimental studies conducted below Urumqi 
Glacier 1, China, by Echelmeyer and Wang (1987), 
demonstrated ductile deformation o f frozen sub
glacial sediments. The thickness o f deforming sedi
ment was 35 cm, and accounted for c. 60 per cent o f 
the surface movement o f the glacier. In contrast with 
the observations o f Boulton (1979) and Echelmeyer 
and Wang (1987), England (1986) has demonstrated 
that a subpolar outlet glacier on Ellesmere Island, 
Arctic Canada, overrode an alluvial fan without 
causing any subglacial erosion.

Failure may possibly also occur in deeper, 
unfrozen parts o f the substratum below cold-based 
glaciers. In this case, the base o f the frozen material 
rr.ay act as a major decollement surface along which 
:he overlying rocks, sediment and glacier ice w ill

ie  Mathews and Mackay, 1960; Moran, 1971; 
В г 'ter and Seaman, 1991). Moran (1971) and 
'•! run et al. (1980) developed this idea to explain 
. -. г thrust blocks o f sediment that occur on the 

N. r  - \merican prairies. They postulated that, along 
A c  southern margin o f the Laurentide ice sheet, the

ice was cold-based near the edge where the ice W i 

thin, but was wet-based further upglacier. Meltwati- 
produced in the wet-based zone would have flowec 
under pressure through subglacial aquifers toward' 
the margin, where it would have been impeded b 
frozen and impermeable ground. This would ha-; 
significantly raised porewater pressures beneath th; 
frozen part o f the substratum, decreasing friction - 
strength and increasing the likelihood o f failur; 
Large blocks, frozen on to the glacier sole, cot - 
then be transported towards the margin. However i  
is possible that, in the cases discussed by the>; 
authors, failure was proglacial in origin and that rc  
blocks were subsequently overridden (see Sect: - -
7.4.3 and 12.4.3).

5.3.6 Subglacial erosion rates
Subglacial erosion rates are very difficu lt to estimut. 
and few direct measurements have been made. P 
neering studies were conducted in the Swiss A .r* 
between 1919 and 1925 by Alfred de Quervain anc 
O. Lutschg, who drilled vertical holes into bedrock 
front o f advancing glacier snouts. When the 
retreated they were able to measure the amount ' 
surface lowering, which ranged between 1.0 an: 
6.0 mm yr for rocks ranging from vein quartz : 
gneiss (Embleton and King, 1975). More recent 
direct measurements o f abrasion were made bel • 
Breidamerkurj5kull, Iceland, and Glacier d’Arge- - 
tiere, France, by Boulton (1974), who gained acce- 
to the glacier beds via artificial tunnels. Abra>: : 
rates for rock platens fixed to the glacier bed ran;, 
from 0.9 mm yri for basalt below Breidamer?. 
joku ll, to 36 mm yr~ for marble below the rap:_ i 
sliding Glacier d’Argentiere. Such measuremer 
however, are not representative o f glacier bed' i 
general, and cannot be used to infer long-term e: 
sion rates. Furthermore, they do not take into acc - - 
erosion by quarrying and chemical weathering.

An alternative approach is to estimate subgL. . 
erosion rates from the sediment load o f stre. n 
emerging from beneath glaciers. Bogen (1996 > 
shown that sediment yields show wide seasonal m t 
inter-annual variations, which are partly due l  
switches in the subglacial drainage system. H . 
ever, with care, sediment yields can be used to r -»  
mate long-term erosion rates (Hallet et al., I 1- — , 
Estimates range from 0.01 mm yr for polar g .. 
ers, to 1.0 mm yr for small temperate glacie:- 
the Alps, to 10-100 mm yr for large, fast-fk 
glaciers in Alaska. Hallet et al. (1996) suggc 
that, in the absence o f detailed knowlege o f b 
conditions, ice flux at the equilibrium line ma\ - 
useful indicator o f erosion rates below tem 
valley glaciers.
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5.4 THE FORMATION AND 
DEFORMATION OF BASAL ICE

.e close to the bed o f a glacier (basal ice) tends to be
- 'dnctly different from the ice that makes up the rest 
f  :he glacier as the result o f shear, melting, freezing 

.r. i  debris entrainment processes operating near the 
'•ei. Basal ice can have a very high debris content
>50 per cent by volume in some cases), and distinc-
• e chemical and isotopic composition and structural

- ■ -racteristics (Hubbard and Sharp, 1989). Knowl-
- :;e  o f the formation and characteristics o f basal ice

mportant for several reasons. First, the concentra- 
№ n o f debris in basal ice controls ice rheology and 

-?glacial friction, both o f which influence glacier 
:ion (Sections 4.3.1 and 4.5.4). Second, the for- 

' _:ion o f basal ice is an important process for the 
■: moval o f debris from the bed, in the form o f solutes 
.nd solid particles. Third, the passage o f debris-rich 
г -a l ice over a glacier bed can be a potent agent o f 
-bglacial erosion (Section 5.3). Fourth, basal ice 

-_n be an effective means o f debris transport, and a 
. nsequent source o f glacigenic sediment.

Basal ice is highly variable, and a range of 
"^cesses contribute to its formation. The most 
“ lportant o f these are Weertman regelation, net 
. -freezing, the entrainment o f pre-existing ice, and 
.e deformation.

5.4.1 Weertman regelation
The refreezing o f meltwater on the lee side o f obsta- 
. es during regelation sliding w ill form thin layers o f 
;e on the glacier sole. Because o f its association 
ith the sliding process, regelation ice is found 

'eiow temperate glaciers, where the basal ice is at or 
ery close to the pressure melting point throughout.

- .'cause o f the nature o f its formation, regelation ice
- seldom more than a few centimetres thick, because 
:e formed in the lee o f one obstacle is liable to be at 
east partially destroyed by melting against further 
?stacles downglacier (Hubbard and Sharp, 1989, 
993).
Regelation ice is commonly visibly laminated, 

. 'nsisting o f closely spaced laminae o f clear ice and 
_} ers o f debris, usually fine-grained abrasion prod- 
-.ts (Fig. 5.17; Souchez and Lorrain, 1987; Hubbard 
.nd Sharp. 1993, 1995). Individual laminae are com- 
~only 0.1-1 mm thick and form layers broadly par- 
_ lei to the bed, although they may pinch out or 
~.erge laterally. Each lamina represents one refreez- 
_.g event. The regelation process has also been 
-voked by some workers to account for another dis
trict type o f ice, termed clotted ice, generally bubble- 
ree ice containing dispersed, elongated ‘clots’ of

Fig. 5.17 Foliated regelation ice at the  base o f Slettmark- 
breen, Norway. The fo ld ing was probably produced by ice 
f lo w  around obstacles on the bed. (Photo: D.l. Benn)

silt-sized debris (Sugden et al., 1987; Souchez et al., 
1990; Knight et al.. 1994; Knight, 1994). According 
to Souchez and Lorrain (1991) and Knight (1994), 
clotted ice is probably equivalent to the dispersed ice 
fades  described by Lawson (1979a). A  regelation 
origin for clotted ice is uncertain, however, and alter
native mechanisms have been proposed. Possibilities 
include the migration o f fine particles along grain 
boundaries in the ice (Knight, 1987), the tectonic 
mixing o f dirty and clean ice under high strains 
(Hubbard and Sharp, 1993), and the concentration o f 
wind-blown debris during the formation o f superim
posed ice at the glacier surface, which is then trans
ported to the bed by glacier flow (Koerner, 1989).

Hubbard and Sharp (1995) identified a distinct 
type o f clear ice below temperate alpine glaciers. 
The ice is devoid o f layering, but contains dispersed 
smears o f debris and occasional clouds o f deformed 
and flattened bubbles. They argued that this ice forms 
by internal melting and freezing and ice recrystal
lization during enhanced creep near the bed, as 
described by Lliboutry (1993).

The process o f freezing results in isotopic frac
tionation, because heavy isotopes o f oxygen and 
hydrogen ( О and deuterium) preferentially bond 
into growing ice crystals (Section 2.4.2). During the 
initial stages o f refreezing, therefore, regelation ice 
w ill be isotopically heavier than the remaining melt
water, but as freezing proceeds, each increment o f ice 
w ill be isotopically lighter than the one before, owing 
to the depletion o f heavy isotopes in the water. As a 
result, regelation ice often exhibits compositional 
banding, w ith each freezing cycle being represented 
by a downward gradation from iso top ically  her. > to 
isotopically light ice (Fig. 5.18; Lawson and Kulla. 
1978; Souchez and Jouzel, 1984: H ubbard  and 
Sharp, 1993). The bulk composition o f regeirion ice 
w ill be isotopically heavier than the paren: meltwater
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Fig. 5.18 Modelled isotopic variation in regelation ice, 
resulting from  the preferential incorporation o f heavy iso
topes in the firs t ice to  form  in each cycle. (From Hubbard 
and Sharp, 1993. Reproduced by permission o f the Interna
tional Glaciological Society)

if some of the water is able to drain away before 
freezing is complete.

5.4.2 Net adfreezing
Basal ice forms by the regelation process when there 
is a rough balance between the amount of melting 
and refreezing. Where melting predominates over 
freezing, no basal ice will form, but when freezing 
predominates over melting, thick sequences of basal 
ice can develop. Such net adfreezing occurs where 
meltwater flows into cold areas of the bed from 
upglacier (Weertman, 1961c; Hubbard and Sharp, 
1989; Hubbard. 1991). Cold areas can form for sev
eral reasons (Hubbard and Sharp, 1989). First, large- 
scale zones of freezing can occur where more heat is 
conducted away from the bed than can be provided 
by geothermal heat, sliding friction or incoming 
meltwater. Such zones may occur below thin ice 
close to glacier margins, on either a permanent or a 
seasonal basis. Second, cold patches on the bed may 
temporarily increase in size as the result of basal 
water pressure fluctuations (Robin, 1976; Hubbard 
and Sharp, 1989). For a wet-based glacier resting on 
a rough bed, the weight of the ice is supported by 
bedrock at high points of the bed and pressurized

water elsewhere. An increase in subglacial water 
pressure will result in a drop in the proportion of the 
weight of the glacier supported by bedrock, and a 
consequent drop in effective pressures at high points 
of the bed. This drop in pressure will depress the 
pressure melting point, causing basal freezing. A 
third cause of net adfreezing is the intrusion and cir
culation of cold air beneath a glacier. In winter, cold 
air can reach the bed via cavities, crevasses and tun
nels, and can contribute to the formation of basal ice 
(R.S. Anderson et al., 1982; Vivian and Bocquet. 
1973).

The water required for the formation of basal ice 
can be supplied from several sources, including 
zones of net melting upglacier and surface meltwater 
carried to the bed down moulins and crevasses. Hub
bard and Sharp (1995) described a distinctive type of 
basal ice formed by the freezing of standing water in 
bedrock hollows or cavities. This interfacial ice con
sists of alternating bands of ice crystals and debris- 
rich ice which undulate in parallel with the 
large-scale roughness of the bed.

The debris content of basal ice formed by ne: 
adfreezing is highly variable, depending on the con
ditions at the ice-bed interface. Very high debri- 
concentrations can result from the downward migra
tion of a freezing front into saturated sediments, sc 
that the ice merely forms an interstitial cemen 
between mineral grains (Boulton, 1970a; Harris anc 
Bothamley, 1984). The descending glacier ice infil
trates the pore spaces between grains, replacing air 
or water with interstitial ice. In such cases, masse' 
of pre-existing sediment frozen on to the base I 
the glacier can preserve delicate sedimentary struc
tures such as cross-bedding and laminatior 
Adfreezing above a bedrock interface will usual' . 
result in basal ice with less debris, with the conce' 
tration depending on the proportions of water ar . 
ice that are available (Boulton, 1970a; Gow et c . . 
1979; Hubbard and Sharp, 1989). As for regelati 
ice, ice formed by net adfreezing is generally is • 
topically heavier than meltwater derived from me::- 
oric ice, because of fractionation and incompk 
freezing.

Basal ice below subpolar glaciers is often d -■ 
tinctly stratified, with alternating debris-rich . 
debris-poor ice (Fig. 5.19 (Plate 15)). This type ci 
basal ice has been termed the stratified ice f c . i 
by Lawson (1979a) and the solid ice fa d e s  b rj 
Knight (1987, 1994) and Hubbard and Sharp (19-:' 
Stratification may reflect the passage of the glac я  
over different substrata (Gow et al., 1979) or • 
effect of cyclic rejection of debris from the fret ■ 
ing front during slow freezing episodes (Hubt_-.. 
1991), but may also develop as the result of с - 
plex overfolding during ice deformation 
below).
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5.4.3 Entrainment of pre-existing ice

7ле stratified ice facies o f subpolar and polar glacier
■ trains has been explained by: (a) the overriding 

.rd entrainment o f buried glacier ice; (b) the incor-
■ ration o f aprons accumulating at the snout; and (c) 
' r i  adfreezing (Goldthwait, 1960, 1961; Hubbard
- i  Sharp, 1989). Any debris that is frozen on in an 
-> ice location w ill be elevated to higher englacial 
:• 'itions as it flows up over the basal ice o f the
■ zen snout.

In regions characterized by permafrost, the retreat
■ glaciers containing high debris concentrations 
'Lilts in the preservation o f considerable quantities

■ buried glacier ice. This arises through the release 
' debris on to the wasting glacier surface during
■ ^ut thinning. As the basal ice in the snout zone is
- :zen to its permafrost bed, it  is d ifficult to remove 
: :rom the landscape once it is covered by an over- 
'  -rden o f debris that exceeds the active layer thick- 
‘ ess (see Section 6.5). Buried glacier ice has been
* :dely reported from Siberia (Astakhov and Isayeva,
JS8), Banks Island and the Mackenzie Delta, 
-nada (Harry et al., 1988; French and Harry, 1990), 
reenland (Hooke, 1970) and the Canadian High 

-rctic (Hooke, 1973b; D.J.A. Evans, 1989b; D.J.A. 
Ei ans and England, 1993), where it documents for- 

er ice-marginal positions. In some cases, buried ice

is thought to have survived since the last glacial max
imum. For example, buried glacier ice at Bluenose 
Lake, NWT, Canada, originally formed in a com
pressive frozen toe zone at the margins o f an ice 
stream in Dolphin and Union Strait during the last 
glaciation (St Onge and McMartin, 1995). Sediment 
was elevated from the bed by submarginal thrusting, 
and melted out on the surface to form controlled 
hummocky moraine. Because deglaciation pro
ceeded in a periglacial environment, the glacier ice 
that was covered by the supraglacial debris has been 
preserved to the present day.

Several glaciers on Ellesmere Island in the Cana
dian Arctic are presently readvancing over buried 
glacier ice and reincorporating it  and its overburden 
(Fig. 5.20; D.J.A. Evans, 1989b). This reincorpora
tion results in the reactivation o f the buried glacier 
ice, and the former debris cover becomes an 
englacial debris band which attenuates during further 
glacier flow. In many cases the buried glacier ice on 
Ellesmere Island has remained continuous with the 
glacier snout and so forms a supraglacial ‘ramp’ . 
This ramp is subject to fluvial incision and the devel
opment o f glacier karst (Section 6.5.4.2), which 
allows the repositioning o f former surface debris 
within the buried ice. In this way, further prospective 
englacial debris bands are initiated prior to ramp 
reactivation.

Fig. 5.20 An explanation of 
the origin o f gravel pods in the 
cliffs o f sub-polar glaciers. (1) 
Glacier recession results in the 
progradation o f alluvium over 
stagnant ice (supraglacial 
debris concentrations may pro
duce the same result). The 
buried ice does not melt 
because it is now well below 
the maximum depth o f the 
active layer. (2) Glacier read
vance and overriding o f the 
ice-cored alluvium causes 
deform ation and reworking 
in to an apron. (3) Comp ete 
entra inm ent results in the so- 
lation o f an englacia gra.e:- 
rich clot, which mar«  the 
boundary betwee'- с der, for
merly stagna^: :e =-z : .errid- 
ing glacier ce ‘.'o c  *ied from 
D.J.A. Evans. ‘ 955c
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Advancing glaciers in cold regions often terminate 
in steep ice cliffs, below which frontal aprons o f ice 
blocks and debris accumulate. Overridden and incor
porated aprons are recognizable in the basal ice 
facies o f many subpolar glaciers on Ellesmere Island 
in the Canadian High Arctic, where mosaics com
posed o f individual ice blocks are still visible (Fig. 
5.21; Shaw, 1977a; D.J.A. Evans, 1989b). A  similar 
model involving the overriding o f accumulations of 
wind-driven snow at glacier margins was proposed 
by Hooke (1973b) for the Barnes ice cap, Canada, 
and by Sharp (1984) for Skalafellsjokull, Iceland. 
The overriding o f aprons by internally deforming 
glaciers leads to the incorporation and gradual atten
uation o f ice and sediment accumulations to produce 
complex basal ice layers o f alternating debris- and 
ice-rich folia, which may exhibit well-developed 
folds and shear faults as a result o f the differential 
movement induced either by (a) the varied rheologi- 
cal properties o f the different ice-sediment mixtures, 
and/or (b) flow perturbations set up by irregularities

: : 5.21 (a) Frontal apron comprising dry calved ice 
• . E esmere Island, (b) Entrained ice blocks beneath 

:= c r s-rich ice, Eugenie Glacier, Ellesmere Island.
: : D . A. Evans)

in the bed (Hudleston, 1976). Folding o f b i . 
debris-rich folia has been associated w ith differer . 
movement between ice types by Hooke il'-'KL 
1973b), a relationship that could be explained b\ 
overriding and incorporation o f pre-existing ice : i  
subpolar or polar glacier.

The structure and thickness o f basal ice layers car- - e 
strongly influenced by the deformation history o : : r r 
ice. In zones o f extending glacier flow, the ice ■ 
stretched and the basal ice layer w ill become th ir:r; - 
unless it  is renewed by some other process such 
freezing on. The effects o f stretching can be obser.. ;  
where basal ice consists o f layers w ith different n <* 
responses to stress. Clean, coarse-grained ice te r . ► 
to be quite ductile, and w ill stretch readily with Л  
breaking, whereas fine-grained or debris-rich :_r 
tends to be stiffer and more susceptible to bn: г 
deformation. When stretched, bands o f fine or i 
ice w ill often break up, forming discontinuous l e r . - 
called boudins (Fig. 5.22; Hambrey and Milne . 
1975; Hubbard and Sharp, 1989; Hambrey, 19v4i 
Boudins are familiar structures in metamorphic roc- „ 
and are named after French black puddings, wh . t  
they are said to resemble. Observation o f boudin__: 
and other deformation structures, therefore, can pr - 
vide information on the relative competence of d - 
ferent components o f basal ice layers (Knight, I 1- ' - . 
Hubbard and Sharp, 1989). The stretching o f b_ 
ice layers undergoing simple shear can also sen e u 
rotate and lengthen lenses within the ice, creanra 
new stratification (Hooke and Hudleston, 19781.

Compressive flow takes place where ice is deceler
ating. Common situations where this occurs are . 
where ice flows against a topographic barrier; (b :• s 
snouts o f surging glaciers; or (c) where wet-basec _: 
decelerates against cold-based ice downglacier. Tre 
latter case may occur on a seasonal basis, where i  
winter cold wave penetrates to the bed at the man: з 
o f a temperate glacier, or year-round at the m arc: ■ 
o f subpolar glaciers. Compressive flow w ill tend i t  
shorten and thicken basal ice layers, and is though: ■ 
be responsible for many o f the thick sequence' at 
basal ice observed at glacier margins, particularh :«r 
sub-polar and surging glaciers. Thickening o f bV... 
ice sequences is commonly accompanied by folc : :  
and the development o f thrust faults, often resui: r z 
in complex stratigraphies (Fig. 5.23; Hambrev _ 
Muller, 1978; Sharp et a l., 1988; Knight, 198S . 
Impressive stratified sequences can be built up - 
the repetition o f layers in recumbent folds, and * 
faulting. Indeed, where exposures o f basal ice ae 
limited, it may be difficult to distinguish strati::..- 
tion created by ice deformation from primary la;- er- 
ing caused by cyclic adfreezing by using fie .:

5.4.4 Ice deformation
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-ig. 5.23 Folded and fau lted basal debris-rich ice, 
E esmere Island. (Photo: D.J.A. Evans)

evidence alone. Careful studies o f the isotopic com
position o f the ice may be required to determine its 
.rue origin. Layered ice sequences formed by com
plex folding at the margin o f the Greenland ice 
-heet have been termed the banded ice fades  by 
Knight (1989, 1994).

Thrusting has also been proposed as a possible 
Tiechanism for lifting  debris from the glacier bed and 
ncorporating it  w ithin the ice. U ntil recently, this 

process was questioned on theoretical grounds 
Weertman, 1961c), but observations by Echelmeyer 

md Wang (1987) and Tison et al. (1993) have identi- 
ied  debris within shear planes rising from frozen 
glacier beds in China and Antarctica. It is believed 
:hat compressive flow near the glacier margins 
results in overthrusting o f ice, which carries rock par
ticles adhering to its base up over more slowly mov
ing ice downglacier. According to Tison et al. (1993), 
this may be a major process for the formation of 
debris-rich ice below cold glaciers.

Fig. 5.22 Boudins in glacier ice 
showing the effect o f competence 
in debris bands A-D compared 
w ith  the matrix. Competence 
increases from  D to  A. (From Ham- 
breyandMilnes, 1975.Reproduced 
by permission o f the International 
Glaciological Society)

5.5 DEPOSITION FROM DEBRIS- 
RICH ICE
Subglacial deposition from debris-rich ice happens 
through the complex interaction o f several factors, 
including the rate at which debris melts out from the 
base o f the ice, the balance between frictional and 
driving forces acting on particles, debris grain size 
distribution, the configuration o f the glacier bed, and 
the rate at which water can drain away from the site 
o f deposition. We can recognize three basic 
processes o f debris release: (a) lodgement, or deposi
tion directly from sliding ice by frictional processes;
(b) melt-out, or deposition due to the melting o f stag
nant or slowly moving ice; and (c) deposition by 
gravity. These three processes are not independent or 
mutually exclusive, and may operate together or in 
various sequences. In addition, sediment can be 
deposited from the base o f subglacial deforming lay
ers, as described in Section 5.6.2.

5.5.1 Lodgement
Lodgement is the plastering o f glacial debris from 
the base o f a sliding glacier on to a rigid or semi-rigid 
bed (Dreimanis, 1989). In effect, this occurs where 
the frictional drag between the debris and the bed is 
greater than the shear stress imposed by the moving 
ice, and is therefore sufficient to inhibit further 
movement o f the debris (Boulton, 1975, 19821. The 
process o f lodgement can occur for single particles : r 
for masses o f debris-rich basal ice.

Different situations where lodgement can  w u r  
are shown in Fig. 5.24. Where the glacier bed :- ri rid. 
friction between an overriding particle and  :h e  re d  is 
mainly due to the interlocking o f aspen ::e>  beneath 
the particle and small roughness element' r. :h e  bed, 
and the resisting forces arise f r  m  :h e  friction
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Fig. 5.24 The lodgement 
process, (a) Particles lodg
ing by fric tional retarda
tion  against a rig id bed. (b 
Particles lodging against 
obstacles on a soft bed. 
Particles can plough up the 
bed, which then halts 
movement, or lodge 
against other particles, (c 
Lodgement o f debris-rich 
ice masses. The whole 
assemblage lodges aga in r 
the bed, and melts out n 
situ. (M odified from  Boi> - 
ton, 1982)

between these essentially rigid elements (Section 
5.2.2; Drewry, 1986). In contrast, where the glacier 
bed consists o f deformable materials such as sand, 
gravel or till, particles protruding from overriding ice 
can plough up the bed, progressively consolidating it 
until it  provides a large enough resistance to inhibit 
further movement. Particles may also be lodged 
against other particles already protruding from the 
bed, forming clusters (Boulton, 1975, 1982). Addi
tionally, entire masses o f debris-rich ice may lodge 
against the bed.

It w ill be remembered that the frictional drag 
between a particle and the bed is proportional to the 
force pressing the particle against the bed, and that 
different models have been proposed for calculating 
the contact forces (Section 5.2.2). According to 
Boulton (1974, 1975), the most important factor is 
the weight o f the overlying ice minus the water pres
sure at the bed, whereas Hallet (1979a, 1981) con
tends that the relevant variables are the buoyant 
weight o f the particle and the velocity o f the ice 
towards the bed, and that ice thickness and water 
pressure are irrelevant. These two views make differ
ing predictions about where lodgement is most likely 
to occur: Boulton’s model predicts that lodgement 
w ill be encouraged below thick ice, but Hallet’s 
model indicates that lodgement is most likely where 
■’ asal melting rates are high, causing ice and debris to 
converge with the bed. Both the Boulton and Hallet 
models predict that lodgement w ill tend to occur on 
:ле upglacier (stoss) side o f obstacles on the bed, but
■ r different reasons. According to Boulton, lodge- 
~ rr.: should occur there because this is where pres- 
-_ 'r  normal to the bed is highest (Fig. 5.25). The 

o f t ill on the upglacier side w ill mean that the
■ n w ill grow in that direction, forming a

:ned form parallel to glacier flow. According 
a» A c  Model, upglacier migration o f the t i l l  covering

(b) Prow of soft sediment
or clast provides obstacle

С —►  Ub = 5 m y r 1

Fig. 5.25 Theoretical incremental patterns o f lodge- - 
around a rig id obstacle fo r d iffe rent ice velocities at :: 
stant effective pressure. (A fter Boulton, 1982)

w ill be most rapid where ice velocities are high _• 
effective overburden pressures are low. Accordin _ ■ 
Hallet, however, preferential lodgement w ill ■. лг 
on the stoss sides o f obstacles because pressure ir  
ing (and, therefore, glacier flow towards the be. i  
highest on the stoss side o f obstructions. In ge_ . 
Hallet’s model o f lodgement is probably the -  я  
accurate, because i f  lodgement were encour.;rf 
below thick ice, deep troughs and rock basins v- M

(a) Frictional retardation against bed

(c) Lodgement of debris-rich ice mass

Ub = 16 m y r

—►  Ub = '\0 m y r 1
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- ■ i  not to form. It should be emphasized, however, 
T - t in some circumstances ice overburden and water
• '.-sure may well influence the lodgement process.

Тле processes o f retardation and lodgement are
■ mately linked w ith glacier flow mechanisms, 

“ - cause lodged or slowly moving particles are, in
;ct. obstacles on the bed past which the glacier 

r  _<t flow (Boulton, 1975). For lodgement to occur,
■ erefore, the frictional forces between particles and 
■ bed must be greater than the resistance offered by 

re  particle to glacier flow. As described in Section
- 5.2. there are two main mechanisms allowing ice to 
il ie  past obstacles on the bed: enhanced plastic 
:. formation and regelation. Enhanced plastic defor- 
~_tion is thought to be most efficient around large 
urstacles, whereas sliding by pressure melting and 
.relation is most efficient for small obstacles. This 
. _ Boulton (1975) to propose that some sizes o f par
ses w ill lodge more readily than others. He argued

r j t  small particles (< с. 1 cm across) w ill lodge 
\  ^dily because ice can easily flow past them by rege- 
-t:on sliding, and that large particles (> c. 10 cm 
_.ross) w ill lodge readily because ice can flow past 
'em by enhanced plastic deformation. Particles o f 
■■.ermediate size w ill tend to remain in transport, 
'rcause for this size fraction the drag exerted by the
• erriding ice w ill be at a maximum, and therefore 

".ore like ly to exceed the frictional resistance 
'■etween the particle and the bed. This reasoning has 
'een criticized by Hallet (1981), but some empirical
• jpport for the idea o f selective size sorting has been 
rrovided by Humlum (1981) and Kruger (1994),

ho found that basal tills  deposited below outlets 
rom the ice cap Myrdalsjokull in Iceland were 

depleted in fine gravel material, relative to debris- 
nch basal ice in the glaciers. It was concluded that 

ne gravel was maintained in basal transport, in con
trast to finer and coarser material, which was able to 
lodge against the bed as basal till.

It should be emphasized that lodgement is unlikely 
to result in the grain-by-grain accumulation o f rigid 
deposits. Accumulating sediment below a wet-based, 
Tiding glacier is like ly to consist o f some combina
tion o f immobile lodged particles, ploughing parti
cles maintained in traction by the glacier sole, and 
^hearing sediment masses (Boulton et al., 1974; 
Boulton and Hindmarsh, 1987; Kruger, 1994). Sedi
ment shearing may occur by either brittle or ductile 
deformation. In a study o f basal tills  at Slettmark- 
breen, Norway, Benn (1994a) found that large clasts 
tended to lodge on the bed, while the smaller clasts 
were more liable to remain in transport by shearing 
in a thin subglacial deforming layer. This effect may 
be partially due to the size sorting mechanisms 
proposed by Boulton, but probably also reflects 
the high drag force beneath large, heavy clasts (Hal
let, 1979a), and the tendency for small particles to be

carried along in the thin deforming layer, whereas 
larger clasts can penetrate the deforming layer 
and lodge against deeper, more rig id parts o f the 
substratum.

Slabs o f debris-rich ice w ill lodge against the bed 
i f  the frictional drag at the base o f the slab exceeds 
the strength o f the ice overlying the slab. Rheological 
differences between clean and debris-rich ice may 
encourage the development o f a decollement plane 
immediately above the debris-rich ice. This plane can 
evolve into the new sliding base o f the glacier, the ice 
below becoming part o f the substratum. Once the 
slab has lodged, the interstitial ice w ill gradually 
melt out, releasing the debris, which w ill either 
become part o f the immobile substratum or be remo
bilized as a subglacial deforming layer. The charac
teristics o f sediments deposited by lodgement are 
described in Section 10.3.2.

5.5.2 Melt-out
Deposition by melt-out refers to direct sediment 
deposition through the melting o f stagnant or very 
slowly moving debris-rich ice. Melt-out can occur in 
supraglacial or subglacial positions. Only subglacial 
melt-out is discussed here; supraglacial melt-out is 
described in Section 6.5.1. The heat required for sub
glacial melt-out can be supplied from geothermal 
sources, sensible heat from incoming meltwater, and, 
i f  the ice is thin, from the atmosphere. The amount o f 
heat provided by these sources is generally not large, 
and typical rates o f basal melt-out are in the range 
5-12 mm yr 1 (Drewry, 1986; Paul and Eyles, 1990), 
although they may be much higher in volcanically 
active areas. Nobles and Weertman (1971) and 
Drewry (1986) have argued that melt-out rates are 
highest in hollows, owing to the convergence o f lines 
o f geothermal heat flow in these locations.

During the melt-out process, debris-rich ice under
goes thaw consolidation, or volume reduction conse
quent upon ice melt and meltwater drainage. The 
amount o f consolidation depends on the original 
debris content o f the ice, and w ill be large i f  the 
debris content is low. Where debris content is high, 
the volume o f the deposited debris may be only 
slightly less than that o f the parent ice, and quite del
icate englacial structures may be preserved (see Sec
tion 10.3.5). The behaviour o f released debris during 
thaw consolidation also depends on the balance 
between meltwater production and drainage away 
from the site (Paul and Eyles, 1990). I f  the meltwater 
produced during the melt-out process is free to drain 
away at a rate equal to or higher than the rate с t pro
duction, debris w ill be deposited with little r no dis
turbance, other than that due to с it- .idation. 
However, where meltwater cannot dratr. .. . a\ freely, 
porewater pressures w ill tend to ri<e dttr r.g melt-out,
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decreasing the frictional strength o f the deposited 
debri> and increasing the likelihood o f failure and 
remobilization. Paul and Eyles (1990) have argued 
that such conditions are very common where the 
debris content o f basal ice is predominantly fine
grained. Remobilization o f melted-out debris can 
also occur i f  the glacier bed is sloping, and, accord
ing to Paul and Eyles (1990), failure can occur on 
slopes as low as 8°.

5.5.3 Deposition by gravity
Basal debris may also be deposited by gravity into 
subglacial cavities, either in the lee o f obstructions or 
below ice overhangs at the glacier margin (Fig. 5.26). 
The processes o f debris release have been outlined 
by Peterson (1970), Boulton and Paul (1976) and 
Boulton (1982). I f  basal melting rates are high, 
debris may simply melt out from the roof o f a cavity 
and fa ll to the floor. This process can be very impor
tant in ice-marginal cavities during the ablation sea
son, as anyone who has crawled into one w ill be 
aware (Fig. 5.27). Additionally, slurries o f saturated 
debris can flow into cavities from the ice-bed inter
face. Below thicker ice, clasts can be actively 
extruded from the basal ice into cavities by excess ice 
pressure (Peterson, 1970; Vivian, 1975; Boulton,

1982). A  related phenomenon is the formation o f r . 
curls, or curved masses o f debris-rich ice, whicii 
spall o ff from the bed o f a glacier as it enters a ca 
ity as a result o f the different strain responses f 
debris-rich and clean ice to stress release (P e te r:- . 
1970; Boulton, 1982). Debris from all cavity f. 
mechanisms depicted accumulates on the bottom 
the cavity and may ultimately recouple with the g._. • 
ier base, either frozen into the basal ice or as a su* • 
glacial deforming layer (Boulton, 1982).

5.6 DEFORMING BEDS: EROSION, 
TRANSPORT AND DEPOSITION
In Section 4.4 we saw how strain in a subgla. . 
deforming layer occurs when stresses imposed b\ : 
overlying ice exceed the shear strength o f the m a :r  • 
als in the layer. Erosion associated with a subgla^ . 
deforming layer is simply the process by \vh . ■ 
material is detached from the underlying rigid - _: 
stratum and set into motion by the applied she_r 
stresses. Deposition from the deforming layer is ;• s 
converse o f this process, and occurs when all or рая 
o f the deforming layer comes to rest, either bee... 
its strength has increased or because the drr -

Measured profiles of some subglacial cavities 
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: 5.27 Debris m elting out from  the roof o f a subglacial 
; .  ty. (Photo: D.l. Benn)

resses have fallen. Much o f the erosion and deposi- 
n associated with deformable beds can be viewed 
the downward and upward movement, respec- 

vely, o f the base o f the deforming layer, occurring 
conditions become more or less favourable for 

:r:ormation (Fig. 5.28; Alley, 1989; Hart and Boul- 
n. 1991; Hart, 1995a; Boulton, 1996). Transport 

:ccurs within the deforming layer itself. The rate of 
rdiment transport depends on the thickness o f the 

informing layer, and the strain rate.
The deforming layer can thicken by: (a) downward 

r  igration o f the base, which erodes deeper material 
~corporating it into the deforming layer; (b) the 
-id ition  o f material melting out from the overlying 
- icier; or (c) the arrival o f more material from

A Deposition 

Rigid bed

upglacier than leaves; that is, a downglacier reduc
tion in strain rates (Hart and Boulton, 1991; Hart, 
1995a). In all cases, thickening is contingent on the 
local stress conditions being sufficient to maintain 
the deformation. Conversely, thinning o f the deform
ing layer can occur by: (a) deposition at the base; (b) 
the freezing o f material on to the overlying glacier; 
or (c) more material leaving the site than arrives from 
upglacier, or a downglacier increase in strain rate. 
The strain rate in a deforming layer is a function of 
shear stress, overburden pressures, water pressure 
and material properties (Section 4.4.2).

5.6.1 Erosion and transport
As noted above, erosion occurs by the downward 
movement o f the base o f a deforming layer. This 
mobilization o f subsole materials has been termed 
excavational tectonics by Hart et al. (1990). It need 
not involve the disaggregation o f all the newly 
eroded material, and intact fragments o f unconsoli
dated sediments or weak rocks can be detached and 
rafted along within the deforming layer. Intact frag
ments can also be detached from their source 
because they overlie a weak failure surface, or 
decollement surface, such as a bedding plane or 
layer o f weak sediment in the parent material. 
Detached fragments w ill not be disaggregated dur
ing transport i f  their shear strength exceeds the 
stresses that are causing the deformation. That is, 
the fragments must be significantly stronger than the 
deforming material for some reason, such as (a) dif-

B  Erosion 

Rigid bed
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: g. 5.28 Contrasting processes o f (A) deposition and (B) erosion fo r rig id and soft glacier beds. (M odifies Hart, 1995a)
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ferences in consolidation, (b) greater frictional or 
cohesive strength due to grain size differences, or 
(ci better drainage allowing pore water to escape. 
For unconsolidated sediments, sands, gravels and 
diamictons tend to be more resistant to deformation 
than silts and clays, owing to their higher coeffi
cients of friction and/or higher permeabilities (Boul
ton and Jones, 1979; Boulton and Hindmarsh, 1987; 
Benn and Evans, 1996). Rafted fragments (or rafts) 
may vary greatly in size, from the centimetre scale
i when they are termed soft clasts, lenses, inclusions 
or boudins) up to several kilometres (when they are 
termed megablocks) (Ruszczynska-Szenajch, 1987; 
Hart, 1995a).

In some cases, rafts and other fragile inclusions 
such as mollusc shells can be transported tens of 
kilometres in subglacial deforming layers without 
disaggregation, although they may be eroded at their 
edges. In other situations, rafts can suffer ductile 
deformation, but at lower strain rates than the sur
rounding deforming material, behaving like augen or 
boudins in metamorphic rocks (Hart and Boulton, 
1991; Hart and Roberts, 1994; Hart, 1995a; Benn and 
Evans, 1996). Evidence from particle wear patterns 
shows that even hard rocks, such as basalt and gneiss, 
can undergo abrasion and fracture within a subglacial 
deforming layer (Benn, 1994a, 1995; Benn and 
Evans, 1996). The differential survival, wear and 
deformation of inclusions of widely differing 
strength -  from shells to rock clasts -  reflects the fact 
that inter-particle contact forces vary greatly in sub
glacial deforming layers. Where deformation occurs 
at very low shear stresses, contact forces may be low 
enough to permit the survival of very fragile rafts. In 
contrast, the brittle shear of stiff, stony till -  such as 
in the В-horizon beneath Breidamerkurjokull, Ice
land -  requires relatively high shear stresses, and 
contact forces are high enough to cause particle abra
sion and fracture (Boulton and Hindmarsh, 1987; 
Bern. 1995). Evidence for wear of rafts and rock 
_ in situ , therefore, is a potentially important 
- jrce of information on inter-particle contact forces

d ie : rrning layer strength.
r :cal evidence suggests that a type of pluck-

■ _ г ' ean occur beneath deforming sediments. 
I" r ’^ L -  here till overlies well-jointed rock, till has 
■ с:' г ч '  ed penetrating joints and surrounding

vuggesting that the till has been
 ■  . : e'vure around the blocks (Broster,
! - - ' .  5- >:er _r.j  1993). One possibility is that 
saturated till can act as a lubricant, reducing fric-
ii r._: drag i '.he - int ••.here blocks can be mobi
lized by the dm  :rg 'Hesses.

It has also been suggested that abrasion of bedrock 
and other rigid surfaces can occur at the base of a 
deforming Iaver. G ie» ins >1965) attributed mean

dering, striated grooves on rock surfaces to abrasi я 
by saturated, fluid till, and MacClintock and Dre:~ 
nis (1964) argued that rock surfaces in the - 
Lawrence Valley had been abraded beneath de: — ■ 
ing till below the Laurentide ice sheet. The hon. - 
tal, planed-off surfaces of some ‘boulder pavement! 
or layers of boulders within till, may also be d t ; u  
sub-till abrasion (Clark, 1991a).

5.6.2 Deposition

Deposition from a subglacial deforming layer i t  
occur if the driving stresses fall or the shear strer jr.: 
of the layer increases so that the stresses are - 
longer high enough to sustain deformation. Sr . .  
stresses can change over time as the ice configure' :■ 
changes during glacier advance and retreat, and J  
fall to zero below ice-divides or upon deglacia: i 
The most important factor causing short-te — 
changes in shear strength is a change in poreu _ 
pressure. If the porewater pressure drops as the re -. 
of dewatering, the effective pressure forcing the n 
era I grains together will increase, causing the f r . 
tional strength of the sediment to rise. Dewater.-, 
may be temporary, reflecting short-term change' 
the supply of meltwater to the bed, or may be di. l : 
longer-term changes in glacier configuration :i 
drainage. Strength may also increase if the deferr
ing layer freezes.

Deposition from a subglacial deforming layer 
occur from the base up, because overburden pr= 
sures, and hence frictional strength, increase win 
depth, and the deepest sediments are therefore like 
to come to rest first if shear stresses fall or strengr 
rises. Deformation may, of course, cease first _ 
higher levels if these parts of the layer are strong; - 
than the underlying sediments, as in the case of san_? 
overlying clays. In this case, however, the sand 
would not be considered to be deposited, since the • 
would still be rafted along on the lower, deform i' _ 
clays.

The deposition process may involve intermedia', 
changes of state and style of deformation. F - 
example, dewatering of dilatant, pervasive h  
deforming till may result in collapse of the sedimer: 
and a transition to brittle deformation prior to dep 
sition (Alley, 1989; Benn and Evans, 1996). Alter
natively, dilatant till may come to rest with little - 
no change in its characteristics, as appears to be the 
case for the А-horizon at the margin of Brei
damerkurjokull (Benn, 1995). Changes in state dur
ing deposition can exert a strong influence on the 
final characteristics of the deposit, particularly pan - 
cle fabric and geotechnical properties. These char
acteristics are discussed in detail in Sections 10.5 : 
and 10.3.4.
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Another mechanism for deposition from a sub- 
-.acial deforming layer has recently been proposed 
' Iverson et al. (1995), who made direct mea-
■ jrements o f t i l l deformation below boreholes 
trough Storglaciaren, Sweden. They showed that 

:ctwnglacier shear strain rates in the deforming 
_yer fe ll at times o f very high subglacial water 
~:essure, even though the surface velocity o f the 
-lacier increased. This suggested that, when water 
rressures were high, the glacier was decoupling 
rom its bed and sliding on an extensive water film  

a  the ice -till interface. A t such times, little  or no
II deformation occurred: the t il l had, in effect, 

~een deposited. However, this deposition is likely 
be temporary, because as water pressure falls 

_nd the glacier and the bed recouple, deformation 
ill recommence.
Deposition from a subglacial deforming layer 

~iay be intimately associated with deposition by 
neltwater. Water flow in channels or canals at the 
.e-sediment interface, or flow within the sediment, 

;an deposit lenses o f sorted silt, sand and gravel, 
hich may undergo subsequent transport and strain 
ithin the deforming layer (Sections 3.4.2, 3.4.5 

and 3.4.6; Walder and Fowler, 1994; Clark and 
•'•alder, 1994; Benn and Evans, 1996). Such lenses 
~iay be hard to differentiate from rafts o f the 
? reglacial substratum that have become incorporated 
into the deforming layer, but their recognition is 
mportant because they provide important informa- 

::on on subglacial hydraulic conditions during 
ieformation.

5.7 EFFECTS OF SUBGLACIAL 
TRANSPORT ON DEBRIS
5.7.1 Active transport

Frequent interactions between particles, and between 
particles and a rigid bed, result in their substantial 
modification during transport and deposition in the 
subglacial environment. Inter-particle stresses are 
often high enough to cause fracture and abrasion of 
particles, in much the same way as bedrock failure, 
described in Section 5.3. In view o f its importance in 
modifying debris, Boulton (1978) introduced the 
term active transport for debris transport in the basal 
shear zone o f glaciers, in contrast with passive trans
port, which refers to debris transport with little  or no 
modification at higher levels w ithin or on the glacier 
(Section 6.4.1). There are two main effects on debris 
characteristics as a result o f active transport: (a) par
ticle breakage reduces the size o f particles and cre
ates distinctive grain size distributions; and (b) the 
form or morphology o f particles is changed as a 
result o f breakage or wear.

5.7.2 Granulometry
Abrasion and breakage o f particles during active 
transport produces grain size distributions that are 
very different from those resulting from periglacial 
mechanical weathering or transport by flowing water 
(Fig. 5.29). Distributions commonly exhibit a very

Particle size (<j))

Fig. 5.29 Grain size distribu
tions from  debris-rich ;ce 
Matanuska Glacier, A:as<= 
The curves w ith  prorr Tent 
peaks in the fine  gra n s zes 
(0  2- 6) are typica o* a— .e . 
transported debris. For de fin
ition o f the о sc= e r *  particle 
size, see Appendix 2. (From 
Drewry, 1986 a~.er Lawson, 
1979a)
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broad range o f particle sizes, from clay or silt up to 
pebbles or larger, and are typically bimodal or poly- 
modal i i.e. w ith two or more peaks in the grain size 
distribution). Such distributions reflect progressive 
panicle size reduction or comminution as particles 
are fractured under applied stresses during shear. 
Boulton (1978) and Haldorsen (1981) attributed bi- 
and polymodal distributions to the effects o f two 
processes: crushing, or the breakage o f two inter
locking grains, and abrasion, or the production o f 
tine-grained fragments as two grains slide past each 
other. The products o f crushing and abrasion were 
studied by Haldorsen (1981), who simulated sub
glacial particle wear using a ball mill, in which rock 
fragments and steel balls are tumbled in a drum. 
She found that crushing can produce a range o f 
particle sizes from 0.016 to 2 mm, similar to one o f 
the modes found in subglacial t i l l  samples from 
Norway (area A, Fig. 5.30). In contrast, experimen
tal abrasion produced fragments in the range
0.002-0.063 mm, similar to the finest component o f 
the t il l samples (area B, Fig. 5.30). Haldorsen inter
preted coarser clast modes in the tills as residual rock 
fragments which could have been reduced further by 
subglacial crushing and abrasion, given sufficiently 
long transport distances (area C, Fig. 5.30). The iden
tification o f separate components in actively trans
ported debris is facilitated by Gaussian component 
analysis, which statistically resolves polymodal dis
tributions into a series o f normal (bell-shaped or 
Gaussian) curves (Sheridan et al., 1987). This tech
nique was applied by Sharp et al. (1994) to debris 
from basal ice formed during the quiescent and surg
ing phases o f Variegated Glacier (Section 4.8.2), 
allowing the effects o f different processes o f wear 
and selective entrainment and deposition to be iden
tified.

The progressive size reduction o f subglacial debris 
during transport was studied by Dreimanis and Vagn
ers (1971, 1972) by analysing the granulometry o f 
tills with distance from known bedrock sources.

They found that coarse modes are well develops, 
close to the debris source, and fine modes increase ir 
importance with increasing transport distance. h_r 
there appeared to be a lower size lim it beyond whica 
no further comminution occurred, regardless ei  
transport distance (Fig. 5.31). This lim it was terrr . 
the terminal grade, and was interpreted as the par. - 
cle size at which the available energy during tra- - 
port is insufficient to cause further fracture. T t  
existence o f terminal grades can be parti_ i 
explained by G riffith crack theory (Section 5.5 
which shows that the energy required for c r i. i. 
growth and rock fracture is inversely proportion^ u 
crack length. The fracture o f small particles c J  
occur only by the growth o f short cracks, and the'L- 
fore requires greater energy input than the fracture я  
large particles by the growth o f relatively long cr_. • 
(Bond. 1952; Drewry, 1986). Terminal grades _*sj 
equivalent to the limit of grindability recognize^ r 
engineers, and appear to be related to the maxin:. ~i 
stress concentrations that occur during shear - 
would be expected, softer minerals, such as m k _ ■ 
feldspar, have smaller terminal grades than har_. 
resistant minerals such as quartz. Haldorsen ( lv *3 | 
found that the finer grades in experimentally cru- -. .1 
debris and basal tills are enriched in feldspar _• I 
sheet silicate minerals compared with coarser g r . ... к 
in which quartz is more abundant. However, ‘ te~»  
nal grades’ should not be defined on the basis o f 
iment granulometry alone, as grain size mode- 
represent transient stages o f comminution, v- - cfc 
could have been further reduced given more : i *  
(Haldorsen, 1981; Drewry, 1986).

A  new and interesting approach to interpr; ng 
particle size distributions has been taken by H • <u 
and Iverson (1995) and Iverson et al. (19961 _ те 
techniques developed by Sammis et al. (1987) for ж  
study o f tectonically crushed rocks. This ir.c r :c 
considers the number o f grains per size fract: a m l 
shown on double logarithmic plots. Hooke anc 
son noted that, for subglacially sheared tills, the : *-

Fig. 5.30 Haldorsen's - ‘ i n o 
ta tion  o f the grain size c s ; эм- 
tion  o f 150 t ill sam ples.- - -  * 
resistant crushed fraction j « J  
B: component from  а:-.- 
area C: residual clast -  я  
(From Haldorsen, 1981. * -r: 
duced by permission o f 
navian Academic Press)
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Groin size
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COARSE Partic le  size (0 ) FINE

Fig. 5.31 Frequency distribu
tions o f dolom ite in t i l l  samples 
from  the Hamilton-Niagara 
region, Canada, showing the 
effects o f progressive comminu
tion  during transport. (Redrawn 
from  Dreimanis and Vagners, 
1971)

Mean §rain diameter (|jm)

: g. 5.32 Plot o f grain diameter v. number o f grains fo r 
~ ю  experimentally comminuted sediment samples. The 
■^=rly linear plots suggest tha t the distributions have 
:;e jd o -frac ta l properties; i.e. they are self-similar at a 
:~ge o f scales; m is the fractal dimension o f the samples 
: 'э т  Iverson et al., 1996. Reproduced by permission o f the 
:ernational Glaciological Society)

. J lines tend to be straight, indicating that the distri- 
■-lions are self-similar at all scales (i.e. they have 
.ictal characteristics; Fig. 5.32). Sammis et al. 
987) argued that the slope gradients {fractal dimen- 
•ns) o f distributions produced entirely by grain 

■_cture should be around 2.58, reflecting grain frac- 
-re near the contact between two similarly sized par
ties, where stress concentrations are highest, 

■'ogressive fracturing in these locations during shear 
.11 result in maximum cushioning for each particle 
' i  the minimization o f stress concentrations. Calcu

lated fractal dimensions for the subglacial samples 
were close to 3, leading Hooke and Iverson (1995) to 
propose a modified form o f this mechanism for 
deforming subglacial tills, in which slippage and 
abrasion between grains occurs in addition to shear 
by intergranular fracture, producing an excess o f 
fines (see also Section 4.4.2.5). Hubbard etal. (1996) 
pointed out that grain size distributions o f actively 
transported debris are not truly fractal, because o f the 
presence o f distinct modes, although they found that 
the method was useful for inferring wear processes in 
modern alpine and Icelandic subglacial environments. 
The presence o f modes in grain size distributions was 
not addressed by Hooke and Iverson (1995) and Iver
son et al. (1996), but it could perhaps be explained by 
the influence o f fracture distribution on fragment sta
b ility  at different scales. It should be noted, however, 
that apparently fractal distributions also occur in 
non-glacial sediments (Hooke and Iverson, 1995), 
and may be produced by the mechanical m ixing o f 
distinct debris populations. Until such possibilities are 
studied in detail, therefore, the ‘fractal’ dimensions of 
subglacial debris should be interpreted with caution.

As noted in Section 5.6.1, not all debris in sub
glacial environments is produced by rock fracture; 
some may be entrained from pre-existing sediments 
beneath the glacier. As a result, grain size distribu
tions may be inherited from other glacial or non
glacial processes. Subsequent shear o f such sediment 
during active transport can modify the original distri
bution by particle comminution or m ixing o f the sed
iment with other debris.

5.7.3 Particle morphology
Active subglacial transport imparts very c:<:nctive 
signatures on the morphology, or for?’:, f  sedimen
tary particles (Boulton, 1978: Benn and Ballantyne,
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1994). In the following sections we w ill examine the 
form o f clasts, or pebble to boulder-sized particles, 
and the morphology o f matrix particles (clay, silt and 
sand). or micromorphology.

5.7.3.1 CLAST FORM

The effects o f active subglacial transport and deposi
tion on clast form have been studied by many 
researchers over the years (e.g. Holmes, 1960; 
Drake. 1972; Boulton, 1978; Kruger, 1984, 1994; 
Dowdeswell et al., 1985; Benn and Ballantyne, 
1994). It is useful to regard clast form as the sum of 
three characteristics at different scales, all o f which 
are affected by active transport: (a) shape, or the rel
ative dimensions o f the long, intermediate and short 
axes o f a clast; (b) roundness, or the degree o f curva
ture o f clast edges; and (c) texture, or the character of 
the clast surface (Griffiths, 1967; Barrett, 1980). To 
these three characteristics can be added wear pat
terns, or the distribution o f different types o f wear 
over the clast surface (Benn, 1994a, 1995).

Clast shape is dependent on both process and 
lithology. In mountain environments, actively trans-

BLOCKS

SLABS DRI ELONGATES

Fig. 5.33 The continuum o f particle shape, showing va' 
tion  between blocks, elongates, and slabs. The diagram e 
scaled using the ratios between the long (a), intermec ; 
(b) and short (c) axes. DRI is the ‘disk-rod index', equa * 
(a -b )/(a -c ). (From Benn and Ballantyne, 1993)
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: : 5.34 Clast shape and roundness characteristics fo r actively transported debris (till) and scree near the margins :*  
: — - Norway. Roundness categories are as follows: VA, very angular; A, angular; SA, subangular; SR, subrou^ 
m jrc - rc  C_ is the percentage o f clasts w ith  c:a ratios < 0.4, and RA is the percentage o f clasts in the VA and A ca:;- 

~ т  : л C ; and RA values fo r the  t il l samples compared w ith  the scree. (From Benn and Ballantyne, 1994. Repr
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f  red clasts o f massive, coarse-grained rocks such 
r*anite and gabbro tend to have compact, blocky
- - ;  >. in contrast with the more elongate and slabby 

o f periglacially weathered clasts o f similar
■ ogies (Fig. 5.34; Ballantyne, 1982a; Vere and

■ 1989; Benn and Ballantyne, 1994). This may 
. t the in itia l shape characteristics o f subglacially

. v.ed clasts, or may be due to preferential break- 
_ :  f  clasts across their long axes during transport 

‘.e ice-bed interface (Drake, 1972; Benn, 1990).
■ “ ssile rocks such as shale and some limestones,

*  ever, actively transported clasts generally have
elongate shapes, indicating preferential fracture 

-g bedding planes (Benn, 1990).
; imdness is affected in opposite ways by abra- 
". and fracture during active transport. Abrasion

■ - 'eases edge-rounding and creates polished facets, 
"ereas fracture creates new, sharp edges and fresh 

..es. The balance between these two processes
. ^ns that both angular and well-rounded forms 

i'.J  to be rare in actively transported debris, and 
_ >t clasts have intermediate roundness characteris- 
ic> (i.e. subangular and subrounded; Fig. 5.34).
- _iies o f clast-roundness evolution with distance
■ m a known source have demonstrated that only
■ rt distances o f active transport are necessary for

significant edge-rounding to occur (Drake, 1972; 
Humlum, 1985a).

Indices o f shape and roundness can be plotted 
together on biaxial diagrams, allowing actively 
transported debris to be easily identified. Ballantyne 
(1982a) and Benn (1992b) found that the optimum 
shape and roundness indices for distinguishing 
actively and passively transported debris are based 
on clast c\a axial ratios and the percentage o f angu
lar and very angular clasts in a sample (Fig. 5.35a; 
see also Ballantyne, 1982; Benn and Ballantyne, 
1994; Ballantyne and Benn, 1994a). These indices 
clearly highlight the blocky and edge-rounded char
acter o f actively transported clasts. Less powerful 
shape roundness diagrams were introduced by Boul
ton (1978) and have been widely used in studies o f 
terrestrial and marine glacial environments (e.g. 
Domack et al., 1980; Dowdeswell et al., 1985; 
Hambrey, 1994; Fig. 5.35b). These diagrams show 
distinct between-sample differences in roundness, 
but the shape data have similar ranges in all sam
ples. In these cases, therefore, plotting shape against 
roundness yields little  more information than the 
use o f roundness indices alone, because the shape 
index was insensitive to the actual variation in the 
data.

100-1

Slettmarkbreen clast data
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■ Actively transported debris 
л Passively transported debris

2 0 40 60
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Fig. 5.35 The use o f biaxial 
plots o f shape and roundness to 
d iffe rentia te  debris from  d iffe r
ent transport paths. (A) Actively 
and passively transported debris 
from  Slettmarkbreen, Norway, 
p lotted using C40 as a measure 
o f shape and RA as a measure o f 
roundness. Each po in t repre
sents a sample o f 50 clasts. Sam
ples from  a recessional moraine 
p lo t between the actively and 
passively transported samples, 
showing tha t the moraine is 
composed o f debris from  both 
transport paths. (B) Samples 
from  Breidamerkurjokull, Sore 
Buchananisen and Baffin Island, 
p lotted using Krumbein round
ness and sphericity (shape) 
indices. The fields represent one 
sample each. Note tha t spheric
ity shows little  variation 
between samples, ow ing to  *ne 
insensitivity o f the Krur-oe -  
index to  the variation n the 
data. (From Hambrey. 1994, 
a fte r Dowdesvve! e: a 1985. 
Reproduced b> :e"n iss ion o f 
the Journal o f Sedimentary 
Petrology)
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The surface texture o f actively transported debris 
is also very' distinctive. Interactions between particles 
and between particles and the bed result in polished 
and striated faces, particularly on fine-grained 
lithologies such as limestone, slate and basalt. 
Coarse-grained rocks such as granite tend not to bear 
clear striae, because the different mineral con
stituents offer varying resistance to erosion and 
strongly influence patterns o f surface wear. Striae on 
clasts may be straight and parallel, indicating stabil
ity o f the clast relative to the striating medium, or 
curved and exhibiting a wide variety o f orientations, 
reflecting clast rotation and realignment during wear

(Fig. 5.36; Hicock, 1991; Benn, 1995). Straight stn 
ations aligned parallel to clast long axes are typk_ 
o f the upper surfaces o f clasts lodged beneath s lid :". 
ice (Sharp, 1982; Kruger, 1984; Benn, 1994i 
Cross-cutting striae on individual clasts attest to c l_ i 
rotation during their abrasion history. This may ta« t 
place (a) in basal ice layers; (b) at the ice-substr_ : 
interface; or (c) in the deforming layer. Alternative 
a single clast with multiple striae alignments rru;j 
have been subject to several phases o f abrasion dur
ing different glacier events.

Humlum (1985a) studied the effects o f subglac л 
transport on coarse debris by tracing changes in v r

Fig. 5.36 Wear patre- 
actively transporter 
from  (a) Iceland = -: 
Patagonia. (Photos 
Benn)
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ze. shape and roundness o f clasts with distance
■ m a distinctive rhyolite rock knob on the foreland 
: Slettjokull, Iceland. He found a marked decrease
■ size and a slight increase in the proportion of 
. _uidimensional particles w ithin the first 500 m o f 
".insport, but little  change thereafter. These trends 
~sre attributed to selective transport, in which the 
-rgest particles tend to become lodged in the till 

'eneath the glacier, whereas smaller, equidimen-
- onal particles tend to remain in transport until 
.eposited when the glacier retreats. Humlum also

und an increase in particle roundness with dis- 
лсе, indicating that abrasion caused some clast 
i edification during transport.

An important aspect o f clast morphology is the 
ymmetry of wear patterns. Clasts from fluvial or 

. -astal environments are generally evenly worn on
- 1 parts o f their surfaces, but this is often not the 
. -se for subglacially transported or deposited clasts,

•ving to the asymmetric distribution o f stresses in 
ie  subglacial environment. Clasts lodged beneath
- iding ice tend to develop asymmetric ‘stoss-and- 
;e‘ forms owing to abrasion in situ o f their upglac- 
er (stoss) sides and plucking on their downglacier 
^ee) sides, similar to the erosion o f a roche mou- 
>ппёе in bedrock (Figs 5.37a, 5.38a; Boulton,

^978; Kruger, 1979; Sharp, 1982; Section 9.3.1). 
Kruger (1984) identified related ‘double stoss-and- 
Iee’ forms, which he attributed to a two-stage 
rrocess o f clast wear at the ice -till interface (Figs 
5.37b, 5.37c and 5.38b). Prior to deposition, the 
_:ast is ploughed through the underlying till, causing 
-brasion o f the lower leading edge and fracture of 
ne lower trailing edge. The clast then lodges against

the bed and the stoss side is abraded while the lee 
side is fractured.

Sedimentological data indicate that clasts can also 
undergo asymmetric wear during shear in subglacial 
deforming layers. On the basis o f detailed studies at 
Breidamerkurjokull, Benn (1995) argued that clasts 
rafted along w ithin deforming t il l w ill be subject to 
stress fluctuations as the clasts override or are over
ridden by other clasts. The effects o f stress fluctua
tions w ill be most pronounced at the upglacier and 
downglacier ends o f clasts, owing to the presence of 
low-pressure zones in front o f the upper leading face 
and behind the lower trailing face. I f  the clast cannot 
rotate out o f the way (i.e. i f  the matrix is stiff and 
inter-clast contact forces are high), the passage o f 
neighbouring clasts across the upper leading edge 
and below the lower trailing edge o f the clast w ill set 
up steep stress gradients which may lead to fracture 
(Fig. 5.37d). Abrasion should also occur at the lower 
leading face and the upper trailing face. Flat, pol
ished facets may be eroded on the upper and lower 
surfaces o f clasts embedded within deforming sedi
ment, particularly i f  the clast surface coincides with 
a shear plane (Fig. 5.37e, 5.37f).

5.7.3.2 MICROMORPHOLOGY

Matrix particles exhibit a range o f shapes and surface 
textures, and several studies have sought diagnostic 
criteria to identify grains that have undergone active 
subglacial transport. Particular attention has focused 
on the surface texture o f quartz grains as revealed 
through the scanning electron microscope (Whalley,
1996), because quartz is a durable, common mineral

:y.-o.r-V.Q 
iQ  '; "Q  -

A  £  . ,

■1 $  b£>••: ■: ■*- :' .■ O'.S.. t-a. j.jes '.'О:, о . o ' ?. o' C j

: :g. 5.37 Development o f clast wear patterns beneath sliding ice and w ith in  a deform ing layer, showing principal locations 
: J abrasion (A) and fracture (F). A rrow  lengths show relative velocities, (a) Lodged clast w ith  stoss-lee form  ow ing to  stoss- 
: de abrasion and lee-side fracture below sliding ice. (b), (c) Double stoss-lee m orphology resulting from  a two-stage process 

ploughing (b) and lodgement (c). (d) Double stoss-lee clast resulting from  a one-stage process w ith in  a deform ing layer, 
-ow-pressure zones are shaded, (e), (f) Flat, polished facets eroded on the upper and lower surfaces o f clasts adjacent to  a 
: _ear plane. (M odified from  Kruger, 1984, and Benn and Evans, 1996)
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(a) (b)
Fig. 5.38 (a) Stoss-lee clast on the foreland o f Breidamerkurjokull, Iceland, (b) Double stoss-lee clast in a form er subgi=: = 
deform ing layer, Strait o f Magellan, Patagonia. (Photos: D.l. Benn)

which exhibits fracture patterns that were thought to 
be relatively independent o f mineral structure. How
ever, results have been ambiguous, and the identifi
cation o f distinct ‘glacial’ quartz textures remains 
elusive.

Krinsley and Doornkamp (1973) proposed that 
‘glacial’ quartz grains can be recognized on the basis 
o f their sphericity (high c:a ratios), angularity, and 
textures indicative o f mechanical fracture, character
istics that were subsequently used to infer the pres
ence o f actively transported debris in the geological 
record (e.g. Blank and Margolis, 1975; Drewry, 
1975). However, similar grains also occur in non
glacial environments characterized by high-energy 
transport or mechanical weathering (Whalley and 
Krinsley, 1974; N. Eyles, 1978a). N. Eyles (1978a) 
proposed that a more reliable diagnostic feature o f 
subglacially transported quartz grains is the presence 
o f microblock texture, consisting o f a series o f steps 
and angular corners on the grain surface. In turn,

Gomez et al. (1988) showed that microblock texture - 
are not unique to subglacially transported grains, a r: 
concluded that quartz grain microtextures comm - 
reflect the history o f crystallization, deformation _■; 
pre-glacial fracture experienced by the grain, raihet 
than its glacial transport history.

An alternative view has been taken by Mahane;. a  
al. (1988) and Mahaney (1990, 1995), who argue iha 
glacially crushed quartz grains can be idem:г ; 
using a range o f textures and fracture types. Inde; _. 
these authors have used the relative abundance -nr 
certain microtextures to differentiate grains tra- 
ported below mountain and continental glacie- 
However, these conclusions are controversial (e d  
Clark, 1989), and require further rigorous testing. - :  
present, the only definitive statement that can 
made about quartz microtextures is that they r ;  
more ambiguous environmental indicators o f aci: t 
subglacial transport than the morphology o f cL- - 
sized particles.
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6.1 INTRODUCTION
The supraglacial environment is the most familiar 
to mountain travellers, and gives glacierized land
scapes much o f their distinctive character (Fig. 6.1). 
Well-known topographical features such as medial 
moraines, crevasse fields and debris-covered glacier 
snouts are often, however, just the surface expres
sion o f deeper englacial structures that penetrate 
much o f the body o f the ice. Collectively, 
supraglacial and englacial structures contain a great 
deal o f information on glacier formation, deforma
tion and flow, and the transfer o f debris through the 
glacial system. Furthermore, processes o f debris 
movement and sorting on glacier surfaces exert a 
strong influence on landform evolution in many 
glacial environments. In this chapter, we examine 
the morphology and structure o f glacier ice, 
processes and patterns o f supraglacial and englacial 
debris transport, and the evolution o f debris-covered 
glacier surfaces. Processes o f snow and ice accumu
lation and ablation at the glacier surface are 
reviewed in Section 2.2, and supraglacial and 
englacial drainage are described in Section 3.3.

:  g. 6.1 Englacial conduit m elting out from  the surface o f 
: ie  ""asman Glacier, New Zealand. (Photo: M.P. Kirkbride)

6.2 ICE MORPHOLOGY AND 
STRUCTURE
f ih r i r r  ice is not uniform, but exhibits a wide variety 
r f  n fcm al and superficial structures. In this section,

- ’ ' .  . v.- >sed o f glacier ice.

including crevasses, icefalls, ogive banding, and la;. - 
ering. Structures composed o f rock debris form th. 
subject o f Section 6.3.

6.2.1 Crevasses
Crevasses are very prominent surface features с с 
many types o f ice mass, from small cirque glaciers 
ice sheets. They form where ice is being pulled ap_- 
by tensile stresses that exceed the strength o f the ice 
and are usually oriented at right angles to the prin. 
pal stress direction (Fig. 6.2; Nye, 1952; Me:; 
1960; Hambrey, 1994; Paterson, 1994). Crevasses, 
are therefore very useful indicators o f the orientati 
o f stresses in a glacier. Figure 6.3 illustrates thre. 
types o f crevasse patterns which are common on v_ 
ley glaciers. Chevron crevasses are linear fracture t 
aligned obliquely upvalley from the glacier margi: - 
towards the centre-line, and form in response to tr e 
drag introduced by the valley walls (Fig. 6.3j 
Because the ice is moving more rapidly at the cenrr; 
o f the glacier than at the margins, tensile stresses ar; 
set up that pull the ice downglacier from the marg: - - 
towards the centre-line, tending to open up crevas'. - 
aligned at approximately 45° to the valley wal ■ 
(Nye, 1952). Second, transverse crevasses form 
valley glaciers subject to extending flow. Near : ; 
centre, the principal tensile stress is parallel to gL.- 
ier flow, so that transverse crevasses open up at r ig ;: 
angles to the centre-line and curve downstrea . 
where the stress pattern is strongly influenced b\ 
drag o f the valley walls (Fig. 6.3b). Finally, spla' > 
crevasses form where the glacier is subject to con*] 
pressive flow which causes the glacier to expand ■ 
erally, modifying the stress pattern (Fig. 6.3c). In tr 
case the crevasses are curved, and are roughly pari ■ 
lei to the flow direction towards the centre and be: . 
outwards to meet the margins at angles o f less thaJ 
45°. Similar crevasse patterns are also found near A r

Fig. 6.2 Transverse crevasses on Myrdalsjokull, Ic e ;- ::  
(Photo: J. W right)
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- g. 6.3 Crevasse patterns in a valley glacier. The diagrams 
i t  the top  show shear stresses and longitudina l and trans- 
i'se  normal stresses at the glacier surface near the upper 

~argin (le ft panels) and the resultant principal stresses
• ght panels), (a) Chevron crevasses resulting from  shear 

r-ess exerted by the valley walls, (b) Transverse crevasses 
■suiting from  a combination o f shear stress and longitudi- 

-г  tensile stress (extending flow ), (c) Splaying crevasses 
: -e  to  a combination o f shear stress and longitudinal 
: :  "npressive stress (compressive flow ). (M odified from  Nye, 
’ 552)

“ argins o f ice streams, where there are strong lateral 
gradients in ice velocity (Fig. 1.15).

A type o f crevasse that is characteristic o f cirque 
ind valley glaciers is the randkluft, a fissure separat
ee glacier ice from the rock wall above the head o f 
re valley. These crevasses form partly because o f 

: referential ablation adjacent to warm rock surfaces, 
rut also reflect movement o f the ice away from the
■ jck wall (Mair and Kuhn, 1994). Bergschrunds are 
-j.ated features, consisting o f deep, transverse crev- 
,'ses near the heads o f valley glaciers. It is often 
:^ted that bergschrunds separate immobile, cold- 

~ased ice at the head o f the glacier from active, slid

ing ice below, but Mair and Kuhn (1994) have shown 
that on Daunferner, a glacier in the Stubai Alps, 
Austria, ice is sliding both above and below a large 
bergschrund, which formed in a region where ice 
thickness and velocity were rapidly increasing. Com
parative studies in other areas are few, but it  seems 
like ly that the patterns observed by M air and Kuhn 
also occur on other glaciers. Randklufts and berg
schrunds can present formidable barriers to climbers 
in alpine regions, and can form hidden hazards i f  
concealed by drifted snow (Fig. 6.4).

Ice masses which are unconstrained by valley 
walls also exhibit distinctive crevasse patterns (Sug
den and John, 1976). Piedmont lobes can have strik
ing radial crevasse patterns related to the spreading 
o f the ice (Fig. 6.5A), whereas on ice sheets and ice 
caps, transverse crevasses due to extending flow may 
extend straight across the ice for great distances (Fig.
6.2). Crevasse fields due to extending flow condi
tions are particularly common near the grounding 
lines o f ice streams.

Once formed, crevasses w ill be carried by glacier 
flow into areas where stress conditions differ from 
those which formed them. Crevasses at the margins 
o f valley glaciers and ice streams w ill tend to rotate 
because the part nearest the centre-line w ill have the 
highest velocity, and both splaying and transverse 
crevasses w ill tend to be straightened (Sugden and 
John, 1976). However, rotated crevasses w ill not 
remain open unless the direction o f principal ten- 
sional stress also rotates by the same amount. As 
stress conditions change, crevasses w ill close up or 
be replaced by others with more suitable orienta
tions. Crevasse patterns can change dramatically at 
times o f changing stress regime, such as when flow 
is accelerating or decelerating through time. Figure
6.5 shows the crevasse patterns on Bodleybreen, 
a surging glacier on Svalbard, before and during a 
surge. In the pre-surge pattern, the snout area

..

-  • S i

Fig. 6.4 Crevasses on the upper Glacier d -  Gea^: M ont 
Blanc. Bergschrunds are clearly visible cu°. ^g ce ow  the 
steep ice slopes in the background. (Photc -  3ern)
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Fig. 6.5 Crevasse pattern maps o f Bodleybreen (A) before and (B) during its surge. Note the radial crevasses on the 
surge lobe and the widespread transverse crevasses opened up by extending f lo w  during the surge. (From H odgk:': 
Dowdeswell, 1994. Reproduced by permission o f the International Glaciological Society)

displays radial crevasses indicative o f lateral spread
ing, whereas during the surge the snout is traversed 
by numerous transverse crevasses reflecting large 
longitudinal tensile stresses (Hodgkins and 
Dowdeswell, 1994).

Upon closing, crevasses leave linear scars known 
as crevasse traces (Hambrey, 1975, 1994). These 
commonly take the form o f prominent layers o f blue 
ice formed by the freezing o f meltwater in the 
crevasse prior to closure. Alternatively, thin layers o f 
white, bubbly ice can mark the former position of 
snow-filled crevasses. In both cases, isolated rock 
particles or clusters o f debris may be present within 
the crevasse trace, composed o f material that had 
rallen into the original open crevasse. A  more subtle 

pe o f trace forms during brittle fracture o f the ice 
but w ithout separation o f the walls. I f  the rate of 
ev.ension is not too great, an open crevasse does not
* nr.: instead, the stretching is taken up by the 

'tallization o f ice parallel to the fracture, creat- 
■p a rensional vein analogous to those in rocks
-  _ rrrey and Muller. 1978). Crevasse traces and 

eins are usually in itia lly  close to vertical, 
t H  a e  rotated into other orientations by glacier flow.

6.2.2 Icefalls
Icefalls are steep zones on a glacier where ice fi •» 
extremely rapid, sometimes exceeding 10 time> 
o f the glacier elsewhere along its course. The . э» 
eration o f a glacier as it enters an icefall crea:r 
zone o f extreme extending flow where the ice v 
and stretches under large tensile stresses, open" r 
large numbers o f crevasses and breaking the ice sur
face into unstable ice blocks known as seracs. ~ M  
deceleration o f ice flow at the base o f an icefall . 
ates a zone o f compressive flow, where crevasse- a n  
closed up and the ice thickens (Fig. 6.6).

Ice cover is not necessarily continuous througr js- 
falls, and there are sometimes expanses o f bare - ck. 
slabs or c liffs between the top o f the icefall and the * se 
o f the glacier below. Ice flow through the icefall :_i л  
the form o f intermittent avalanches triggered by ae 
collapse o f seracs, piling up cones o f broker c r 
blocks at the base. Such discontinuous icefalN ж  
very common in high mountain environments, u ж  
accumulation areas can be separated from g!—и  
snouts by rock cliffs many hundreds o f metres г л . 
Clearly, icefalls are extremely hazardous place- m
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: 6.6 Hochstetter Icefall, M ount Cook, New Zealand. 
: - :to : M.P. Kirkbride)

*

. and some, like the notorious Khumbu Icefall on 
1 1: unt Everest, present serious obstacles to moun- 
. .eering expeditions and cost many lives.

: 2.3 Ogives
• . :res are repetitive arcuate bands or waves exposed 

:he surface o f some valley glaciers, which form
>eiow some icefalls. They are convex downflow, 

:h the amount o f curvature increasing in each 
. cessive band as the result o f the greater velocity 
:he central part o f the glacier compared with the 

r j-gins (Fig. 6.7). Two basic types o f ogive have 
*een recognized, but both have a similar origin,
- i  intermediate types are common. Banded ogives 
ire alternating bands o f dark and light ice, and are 
ire  surface expression o f three-dimensional spoon-
■ * .iped structures dipping upstream within the glac- 
: г The dark bands consist o f highly foliated, rather 
. rty ice, whereas the light bands tend to be com- 
:« -ed o f more uniform bubbly ice. Wave or swell-

d-swale ogives are similar in planform, but consist 
alternating ridges and troughs (Paterson, 1994). 
Ogives are formed annually, each light-dark or 

" ige-trough pair representing one year o f ice move- 
ent. They are therefore a useful means o f determin- 
;  ice velocities, as first suggested by the Scottish

- -ciologist James Forbes in the mid-nineteenth
- entury (for this reason ogives are sometimes known 
. ' Forbes bands). The most like ly mechanism for the 
f rmation o f ogives was proposed by Nye (1958),
■ no argued that they reflect seasonal variations in 
ire  passage o f ice through icefalls. Because ice 
ir  jves faster through an icefall than elsewhere, it  is
■ 'etched and thinned as it accelerates into the upper
• _rt o f the icefall. This thinning, plus the high con- 
. .ntration o f crevasses in icefalls, means that ice 
:_ssing through an icefall has a larger surface area 
“ in  equivalent volumes o f ice elsewhere on the 

_ ^cier. As a result, elements flowing through an ice-

Fig. 6.7 Ogives on Saskatchewan Glacier, Canada. (Photo: 
D.J.A. Evans)

fall in summer w ill lose more ice by ablation than 
elements elsewhere, and w ill tend to collect more 
wind-blown dust and other superficial debris. A t the 
base o f the icefall, ice discharged during the summer 
w ill form troughs or dark bands as the ice is com
pressed once more. In contrast, ice passing though 
the icefall in winter w ill collect excess snow and 
become wave crests or light bands. The amplitude o f 
wave ogives tends to decrease downglacier from a 
maximum o f about 5 m near the base o f the ice fall. 
This is probably due to differential melting, the 
troughs being protected from ablation by infills o f 
drifted snow or thin covers o f debris. Ogives w ill not 
form i f  ice takes more than six months to traverse the 
icefall (Waddington, 1986).

6.2.4 Layering and related structures
Englacial and supraglacial ice commonly exhibit 
various types o f layering or foliation. In accumulation 
areas, the most common form of layering is 
sedimentary stratification, which reflects annual 
cycles o f snow accumulation. The layers are generally 
parallel to the glacier surface and are best seen in the 
walls o f crevasses (Fig. 2.1). Usually, the strata consist 
o f relatively thick layers o f coarse-grained white bub
bly ice separated by thinner layers o f bluish, dirty ice. 
The bubbly ice represents compacted winter snow, 
whereas the intervening blue layers consist o f -ummer 
ablation surfaces and superimposed ice (Sec!: r. 2.2 
D irt layers, formed when wind-blown dus: > _ rceTi
trated during summer melting, are often :he most 
prominent feature o f sedimentary layer::.: S .^ е -м \е  
layers are generally broadly parallel. al:h -rh  uncon
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formities can occur, reflecting periods o f irregular 
melting or wind-scouring on the glacier surface prior to 
renewed accumulation. Sedimentary layers can be a 
few millimetres to several metres thick, depending on 
the specific mass balance at that point on the glacier.

Ice breccia is a distinctive type o f ice formed 
below intensively crevassed areas or ice cliffs, where 
fractured ice reconsolidates (Fig. 6.8). Voids between 
blocks can be infilled with refrozen meltwater or 
snow to create an aggregate seamed by randomly ori
ented veins.

Foliation is characteristic o f deep, englacial ice in 
glacier accumulation areas and englacial and 
supraglacial ice in ablation areas. Individual layers 
consist o f fine-grained white ice, coarse-grained 
clear (blue) ice or coarse-grained bubbly ice, w ith 
crystals in the fine layers usually less than 5 mm and 
those in the coarse layers around l —l 5 cm (Allen et 
al., 1960; Hambrey, 1994; Paterson, 1994). Most 
foliation develops from sedimentary stratification or 
crevasse traces which have undergone high strains 
and/or have been rotated by glacier flow (Hambrey, 
1975, 1994; Hooke and Hudleston, 1978; Fig. 6.9).

Fig. 6.8 Ice breccia form ed from  a fron ta l apron o f ice 
blocks, Ellesmere Island. (Photo: D.J.A. Evans)

: :  f ? : :  = : on due to  sedimentary stratification rotated 
3* gJ tK x rflo w , Flaajokull, Iceland. (Photo: D.l. Benn)

However, some foliation is thought to be an entireh 
metamorphic structure produced by alteration o f the 
ice under high strains (Pfeffer, 1992). In detail, fo li
ation can display structural variations related to the 
strain history o f the ice. Isolated, tight fo ld hinge 
may be the only remaining remnants o f large-scale 
folds that otherwise have been stretched and de
formed beyond recognition. Boudinage can al s 
occur (Section 5.4.4).

The orientation o f foliation is determined by the 
original disposition o f the primary or other structure 
from which the foliation is derived, and the subse
quent sequence o f deformation it  has undergone 
during glacier flow. It is possible to recognize tw 
main orientations, transverse and longitudinal, whicr 
may coexist w ith a cross-cutting relationship (F:_ 
6.10; Hambrey, 1976a, 1994). Transverse foliati 
commonly consists o f crevasse traces locate; 
downglacier from zones o f transverse crevasses ar.; 
icefalls. In valley glaciers, ice flow causes the pr - 
gressive deformation o f transverse foliation into . 
series o f arcs similar in planform to ogives (Secti 
6.2.3). In three dimensions, the foliation dips do» - 
ward towards the centre o f the arc, the whole reser - 
bling a set o f nested spoons (Allen et al., 196 
Glaciers that pass through several icefalls may ha ; 
several intersecting sets o f arcuate foliation (Pate - - 
son, 1994). Longitudinal foliation  is aligned paral q 
to glacier flow and originates by the rotation cf 
sedimentary layering or crevasse traces ( in c lu d r, 
transverse crevasses) during ice flow. It is most cc -  
mon at glacier margins or near the edges o f flew 
units, where cumulative strains are highest, and :: 
normally steeply dipping. Where a broad accurr. . 
tion basin feeds into a narrow tongue, longitudinal 
foliation may extend across the whole width of rr s 
ablation area (Hambrey and Muller, 1978).

6.3 SUPRAGLACIAL DEBRIS 
ENTRAINMENT
6.3.1 Sources
In Chapter 5, we considered the entrainment a 
debris at glacier beds. Debris can also enter g L .a i 
transport at the ice surface, and can be derived tr ■  
a number o f possible sources (Drewry, 1986: H_- 
brey, 1994; Kirkbride, 1995a): (a) mass m over.- 
from adjacent mountain slopes; (b) wind-blown
(c) volcanic eruptions; (d) salts and micro-organ: m- 
from sea-spray; (e) meteorites; and (f) poll. i n 
from human sources.

Where supraglacial slopes are rare or absent. г-ж- 
glacial debris entrainment is usually negligible, e . n  
in some volcanically active areas such as ke . i
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where far-travelled ashfalls (tephra) can provide a 
major input. On ice sheet surfaces far from nunataks 
and volcanic sources, meteorites can constitute the 
most important source of large particles. Indeed, 
parts of the Antarctic ice sheet are valuable meteorite 
collecting grounds for scientists, because dark parti
cles show up clearly against the otherwise clean ice 
surface. Recent finds in Antarctica include meteorite 
ALH 84001, which contains controversial evidence 
for ancient Martian micro-organisms (McKay et al., 
1996).

On valley and cirque glaciers, where ice surfaces 
are overlooked by valley walls, and where isolated 
peaks or nunataks protrude through ice sheet or ice 
cap surfaces, mass movements from slopes are by far 
the most important source of supraglacial debris 
(Figs 6.4 and 6.11). Many slope processes operate in 
mountain environments; they include rockfall, rock 
slides, snow and ice avalanching, debris flow and 
creep. In addition, debris can be transported on to 
glacier surfaces by stream flow.

6.3.1.1 ROCKFALLS AND ROCK SLIDES

Rock debris falling or avalanching from steep 
bedrock slopes is one of the most important sources

of debris delivery to valley glaciers (Boulton and 
Eyles, 1979; Gordon andBirnie, 1986; Small, 1987a, 
b). Debris is released from rock slopes when pre
existing weaknesses are enlarged by mechanical 
weathering. In glacial environments, frost action is 
the principal mechanism, acting at the granular scale 
(microgelivation) or exploiting bedding planes or 
joints (macrogelivation) (Fig. 6.12; Tricart, 1956; 
Ballantyne and Harris, 1994). Two main processes 
are thought to be responsible for frost damage to 
rocks. First, water undergoes a 9 per cent expansion 
of volume upon freezing, which can force apart 
the sides of a water-filled pore or crack, causing 
crack extension (Bridgeman, 1912). To be most 
effective, this process requires a high degree of rock 
saturation and rapid freezing to temperatures around 
—5°C (McGreevy, 1981). Second, liquid water may 
migrate under capillary pressure towards freezing 
centres to feed expanding lenses of segregation ice, 
which gradually wedge apart the rock (Walder and 
Hallet, 1985, 1986; Hallet et al., 1991). This process 
is likely to be most effective during sustained low 
temperatures of - 4  to — 15°C. Particularly effective 
frost weathering is known to occur in randklufts at 
the margins of glaciers and below snowpatches, 
owing to the microclimate and ready availability of

j& *Tt - > * %

V ■

Fig. 6.11 Nunataks rising 
above an ice sheet surface, 
Queen Maud Land, Antarctica. 
(Photo: Helge Skappel, Norsk 
Polarinstitutt, Oslo)
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: 6.12 Frost-shattered rock (macrogelivation), 900 m 
: : . e sea-level, southern Iceland. (Photo: A. Snowball)

> _:er in these locations (Gardner, 1987; Ballantyne 
.... 1989). An alternative to frost weathering is 
.red water weathering or hydration weathering,

- -sed by the pressure exerted by the negatively 
. '  jrged ends o f water molecules adsorbed on to clay 

"faces (White, 1976).
Rockfalls associated with periglacial weathering 

:".d to fo llow  annual and diurnal temperature cycles. 
" ey are rare in cold weather and at night, when 
i > se rock is cemented by ice, and are most common
■ л arm conditions, particularly when cliffs receive
- -ect sunlight. This fact is well known to alpinists, 
‘ no aim to be out o f range o f active slopes before 
_nrise. The location o f rockfalls is mainly controlled 

: rock slope form, aspect, lithology and geological 
:ructure. Rockfalls are most like ly to occur on 
ipes underlain by well-jointed rocks, particularly i f  

ne o f the jo in t sets dips out o f the slope towards the 
.lacier (Gardner, 1982; Andre, 1986; Gordon and 
Bimie, 1986).

Large-scale rock slope failures are less closely 
.ontrolled by freezing cycles, although frost action 
- in  contribute to the weakening o f slopes. Periods o f 
eavy rainfall or rapid snow melt can promote failure 

: increasing the water pressure in joints and redu- 
. ing the frictional strength o f the rock, and events can 
also be triggered by seismic shocks in tectonically 
active areas (Shreve, 1966; Marangunic and Bull, 
1968; Reid, 1969), or shocks associated with pulsed 
:-vostatic up lift during deglaciation (Sissons and 
Cornish, 1982a, b). Deglaciation also encourages 
large failures due to the exposure o f oversteepened 
-lopes, release o f glacier-induced stresses, and 
changes to drainage conditions (Gardner, 1982; 
Andre, 1986).

Long-term rates o f debris delivery to glaciers from 
rockfalls are poorly known. Measured and estimated 
rock wall retreat rates in present-day mountain envi
ronments range between 0.05 and 3.00 mm yr

(Ballantyne and Harris, 1994). However, the amount 
o f debris delivered on to glacier surfaces by individ
ual rockfalls varies considerably, ranging from single 
particles (low-magnitude events) to huge rock 
avalanches (high-magnitudc events). Low-magnitude 
events occur relatively frequently, providing a steady 
input o f debris over long time periods, whereas high- 
magnitude events tend to be rare. The relative 
importance o f low-and high-magnitude events in the 
long-term debris budget o f valley glaciers is very 
poorly known, and is like ly to be highly variable 
from place to place. Gordon et al. (1978) calculated 
that a single rock avalanche on to Lyell Glacier, 
South Georgia, in September 1975 supplied the same 
amount o f debris as 93 years o f ‘normal’ low-magni
tude rockfalls on to the glacier. However, the recur
rence interval o f such events in this area is not 
known. A  tentative magnitude-frequency curve for 
rockfall and rock slide events in part o f the Rocky 
Mountains has been constructed by Gardner (1980), 
and suggests that over long timescales, falls o f d if
ferent magnitudes are o f broadly equal importance. 
When they occur, however, large rockfalls and rock 
slides are major events that can profoundly influence 
local topography and glacier behaviour. A  huge rock 
avalanche in December 1991 removed 20 m from the 
summit o f Mount Cook (formerly 3764 m) in the 
New Zealand Alps, sending an estimated 14 m illion 
m o f rock and ice on to the Tasman Glacier below 
and obliterating the Hochstetter icefall en route (Fig. 
6.13; Chinn et al., 1992; Kirkbride and Sugden, 
1992; Hambrey, 1994). By blanketing large areas o f 
glacier surfaces w ith debris, large avalanches protect 
the ice from ablation, altering the mass balance. Sev
eral glaciers have been known to readvance after 
major rockfalls, including the Brenva Glacier in the 
Italian Alps, follow ing a rockfall in 1922 (Porter and 
Orombelli, 1981), the Sherman Glacier, Alaska, after 
a rock slide triggered by the 1964 Alaskan earth
quake (Shreve, 1966), and the Bualtar Glacier, Pak
istan, after a major slope failure in 1986 (Hewitt, 
1988; Gardner and Hewitt, 1990).

6.3.1.2 SNOW AND ICE AVALANCHING

Avalanching can be an extremely important mecha
nism for transporting debris on to glacier surfaces, 
especially in high mountain environments such as the 
Rockies. Alps and Himalaya, where large quantities 
o f snow can accumulate on unstable slopes (Luck- 
man. 1978: Owen and Derbyshire, 1989). The col
lapse o f snow slopes or ice seracs can result in very 
large, destructive avalanches which can scour and 
pluck debris from underlying rock surfaces. Repea
ted avalanches from the same slope build out dirty 
avalanche cones at glacier margins, composed o f a 
mixture o f snow and crushed ice, ice blocks and
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(b)
Fig. 6.13 (a) Small rock avalanche deposit on Storbreen. 
(Photo: D.l. Benn) (b) Large lobate rock avalanche deposit 
on the surface o f the debris-mantled Tasman Glacier, result
ing from  the catastrophic slope fa ilure o f December 1991. 
(Photo: D.J.A. Evans)

rock. In high mountain environments such as the 
European Alps and the Himalaya, snow avalanching 
provides the single most important source o f 
supraglacial debris (Figs 2.18 and 6.14).

6.3.1.3 DEBRIS FLOW AND WATER

Flow age o f wet, unconsolidated sediments (debris 
flows i can deliver large quantities o f sediment to the 
margins o f some glaciers, especially where ice is

■ crooked by glacial deposits. This situation com- 
'  ?.i\ occurs during deglaciation in mountainous 
■ when the oversteepened inner slopes o f lat- 

:r  raines are exposed above ablating glaciers.
- . - pes are generally composed o f poorly sorted

- ith a tine-grained matrix, and can degrade 
с \:elc:ng numerous debris flows during
- rie l: r neavy rainfall (Fig. 6 .15; Bal- 

h a n e  and Benn. 1994b. 1996). The behaviour and

(b)
Fig. 6.14 Snow avalanche cones, Miage Glacier, Italy. 
tos: D.l. Benn)

Fig. 6.15 Debris f lo w  from  sediment-covered valley s a  
on to  a snow surface, Fabergstollsbreen, Norway. (p' : e  
D.l. Benn)

characteristics o f debris flows are discussed in c. _ 
in Section 6.5. Flowing water from valley sides ie A  
to be a relatively unimportant source o f supragL.aj 
debris, but can be locally significant in some g’. j.  
ablation areas (Evenson and Clinch, 1987).
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.3.2 Incorporation within glacier ice
I cbris that accumulates on glacier surfaces can be 
-.c«porated into the body o f the glacier in two main 
.iys: (a) burial by snow and ice, and (b) by falling

- .vn crevasses or other holes in the glacier surface. 
: _rial by snow and ice occurs mainly in glacier 
:. . umulation areas, where more snow falls each year 
ir^n melts during the ablation season. In this case, 
.-?ris on the glacier surface is progressively buried
• -nowfall and/or snow and ice avalanches, and is

- ^rporated w ithin the snowpack. W ith continued 
w accumulation, the snow surrounding the debris 

:ransformed into ice, and the debris is carried to 
■' gressively deeper levels w ithin the glacier. 
>r-cent o f the debris towards the glacier bed can 
. • > be encouraged by patterns o f ice flow and basal 

-/.ing (Fig. 6.16). A  lim ited amount o f debris bur- 
. can also occur at the lateral margins o f glacier 

ation zones, at the foot o f avalanche cones (Fig. 
4). Such cones represent localized areas o f snow 

r :ce accumulation, but in this case deep burial is 
mlikely, because the debris w ill be exhumed by 

.lung once the surrounding snow is transported 
. jy from the active cone by glacier flow. Crevasses 
. _■ swallow up debris in any part o f the glacier, the

■ i> constraints being the presence o f open 
. asses and a source o f debris. This mechanism

- occur either where fresh rockfalls deliver debris 
open fractures, such as lateral crevasses or the

junction o f confluent glaciers, or where crevasses 
open up beneath a surface veneer o f debris, such as 
in icefalls. The randkluft at the upper edge o f a 
glacier can be a very important routeway for 
supraglacially entrained debris to pass into englacial 
and subglacial transport.

6.4 ENGLACIAL AND 
SUPRAGLACIAL TRANSPORT
6.4.1 Passive and active transport
The transport o f rock debris in supraglacial and 
englacial positions has been termed passive debris 
transport by Boulton (1978) to distinguish it from 
active transport at the glacier bed (Section 5.7.1). 
During passive supraglacial and englacial transport, 
debris passes through the glacier system with little  or 
no modification, for two main reasons. First, in 
supraglacial and englacial environments, debris con
centrations are often low, and particles rarely come 
into contact with each other. Second, even where 
debris concentrations are high, such as in glacier 
ablation zones in high mountain environments, inter
particle contact forces are generally small, unlike 
those at glacier beds. However, debris modification 
can occur in supraglacial and englacial environ
ments, by several processes:

Fig. 6.16 Debris transport 
through a valley glacier. 1 : 
Rockfall debris entrained 
supraglacially and buried by 
snow or ingested in crevasses; 
2 : ice flow lines transport 
debris away from  the surface 
in the accumulation area and 
towards the surface in the 
ablation area; 3: basal tractive 
zone; 4: suspension zone; 5: 
basal t i l l  w ith  lim ited defor
mation; 6: debris septum ele
vated from  the bed below a 
confluence; 7: diffuse septum 
and cluster o f rockfall d e b ts ’ 
8: debris elevated from  the 
bed by marginal shear ng: 
9: ice-stream '- te '-a - io n  
medial moraine; 10 : ablation- 
dom inant medial moraines; 
1 1 : avalanche-т. oe medial 
moraine; 1 2 : suc'ag acial la t
eral mors "e
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1. Particle size reduction can occur on glacier sur
faces by periglacial and chemical weathering 
processes, which may be accelerated by the abun
dant supply o f meltwater.

2. Where supraglacial debris contains abundant large 
boulders, inter-particle stresses can be large 
enough to cause fracture and edge-rounding (Fig. 
6.17).

3. Debris held w ithin englacial shear zones can be 
abraded and fractured, as for debris in active 
transport (Section 5.7). For example, Hambrey 
(1976b) found that on Charles Rabots Breen, Nor
way, micaceous debris was ground to powder in a 
medial moraine across which there was significant 
shear between ice streams.

4. Sediment reworking and transport by supraglacial 
and englacial streams can result in significant 
debris modification on some glaciers, particularly 
where there is an abundant supply o f debris and 
the internal and superficial drainage network is 
well developed (Kirkbride and Spedding, 1996).

Fig. 6.17 Crushing and particle wear at the contact 
between tw o  large boulders on a debris-covered glacier sur
face. Glacier du Miage, Italian Alps. (Photo: D.l. Benn)

- '■ Crs'se a r g j  =r debris transported by snow 
— "a le .a  "  2 . (Photo: D.l. Benn)

In general, however, supraglacial and engL. .i 
debris retains the characteristics o f the parent mai> 
ial that was entrained by the glacier or elevated f r  r 
the bed. If, as is often the case, the parent debr> - 
periglacially weathered material that has fallen or, n> 
the glacier surface, it tends to be predominan: ь 
coarse-grained w ith a deficiency in the finer gra_;*. 
(fine sand and smaller). Individual particles are co~~ 
monly angular or very angular, reflecting pan:, t 
fracture during weathering and transport on to r e  
glacier. Debris transported by snow avalanches te -. f 
to be particularly angular (Fig. 6 .18). Particle shine 
is dependent upon lithology, especially the ; [ 
distribution in the parent bedrock, but in ger.r J  
elongate and slabby particles are common (Figs 5 - 
and 5.35; Ballantyne, 1982a; Vere and Benn. 19v-b 
Benn and Ballantyne, 1993, 1994). O f course, wbeir 
supraglacial and englacial debris consists j#  
reworked older deposits, it  may differ greatly fr  -t 
rockfall material.

Debris may pass between passive and active t r r  - 
port in  a variety o f ways. Actively transported de- - s 
may be elevated from the bed by basal freezing a  
patterns o f ice flow, and thus may enter pa>' r 
englacial and supraglacial transport (Boulton, 19_S l 
Conversely, passively transported debris may re., t 
the glacier bed follow ing basal melting, the o p e n  : 
o f deep crevasses, and extensional flow. Furthem: r-, 
debris may pass between active and passive transp -  
paths via englacial meltwater conduits (K irkbr .> 
and Spedding, 1996). The types o f pathways r j  
debris can follow  through the glacier system a n  
described in the follow ing sections.

6.4.2 Englacial transport paths
Most debris input to glaciers occurs at the bed : . 
the glacier margins below valley walls or nuntr. ► 
(Sections 5.3 and 6.3). Consequently, most debr > 
concentrated close to the glacier margins or do»-n| 
stream from the confluence o f flow units when 
marginal debris has been carried into mid-strear - 1 
glacier flow. Boulton and Eyles (1979) in trod:.. : 
the term bed-parallel debris septum (septum mear > i  
partition) to refer to the concentrated zone o f de~ ~ • 
close to the margins and bed o f valley glaciers ■ F . 
6.16). Broadly, the bed-parallel septum consist' л 
two zones: the basal tractive zone in contact with : 
bed, and the suspension zone close to the bed - . :  
not in contact with it (Boulton, 1978; Boulton r  : 
Eyles, 1979; N. Eyles, 1983a; Small, 1987a). Debr - 
transport in the basal tractive zone is described i 
detail in Sections 5.5, 5.6 and 5.7. Debris in the s l  - 
pension zone generally does not undergo fracture :r 
abrasion, and often consists o f coarse, angular, valley - 
side debris (Boulton, 1978; Small, 1987a). Howe:, 
the suspension zone may contain debris that has bez -
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; g. 6.19 Elevation o f basal debris in to  high-level transport at a glacier confluence. (M odified from  Boulton, 1978)

: evated from the bed by basal freezing or ice flow
■ .::ems, and it may therefore have shape character

' s  and grain size distributions inherited from 
: _:sodes o f active transport (Section 5.7).

When ice flow units converge around bedrock 
-'tructions or at valley confluences, flowlines can 
rave the bed, thus carrying debris into high-level 
jispo rt midstream. Where this happens, two bed- 

: -irallel debris septa combine to form a medial debris 
-.ptum, which can be vertical or inclined depending 

the relative strength o f the flow units (Fig. 6.19;
• Eyles and Rogerson, 1978a, b; Boulton and Eyles, 
^79; Gomez and Small, 1985). In the case o f con- 
erging flow around a basal obstruction or a glacier 

. 'nfluence in the accumulation area, the medial 
.-ptum w ill not extend to the surface until exposed 

' • melting in the ablation zone (Fig. 6.16). In con- 
'is t, i f  a glacier confluence is in the ablation zone, 
.-.e resulting medial debris septum w ill usually
- tend from bed to surface.

Debris in medial septa is commonly concentrated 
"to bands, which may be aligned parallel to glacier 
~ :nv (longitudinal), or at a high angle to flow (trans
verse) (Small et al., 1979; Gomez and Small, 1985; 
'm all, 1987a). Longitudinal bands derived from ele
cted basal tractive zones consist o f thin, concen- 

:Mted bands o f debris-rich ice. Such bands are 
sharply bounded and have debris characteristics 

pical o f active transport (Fig. 6.20; Vere and Benn, 
’.989). Longitudinal bands can also originate as rock-

Fig. 6.20 Sharply bounded septum o f elevated basal 
debris, Storbreen, Norway. (Photo: D.l. Benn)

falls on to the glacier surface, which subsequently 
become buried within the snowpack and rotate dur
ing glacier flow. The bands lie parallel to the longi
tudinal foliation in the ice, and in medial positions 
are usually vertical or steeply dipping. They tend to 
have more diffuse boundaries and lower debris con
centrations than elevated basal debris, but dense 
clusters o f coarse, angular particles are not uncom
mon (Small, 1987a; Vere and Benn. 19891. Inj: \ id -  
ual bands measure a few metres to hundreds o f 
metres long, and are commonly grouped : aether in 
subparallel chains, sometimes w ith >е\ er.il side by 
side or en echelon (Gomez and SmJ!. .985: Small,
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1987a: Fig. 6.21a). Transverse debris bands can 
originate as rockfalls into crevasses, either in lateral 
positions, w ithin icefalls, or at the confluence o f ice 
streams. When newly formed, they are close to verti
cal. but are tilted by glacier flow to dip upglacier at 
progressively shallower angles. In some circum
stances. transverse bands could be formed by the up- 
thrusting o f subglacial debris along shear planes, 
although in this case the debris should be clearly dis
tinguishable from passively transported rockfall 
material in crevasse fills (Fig. 6.21b; Small, 1987a).

6.4.3 Supraglacial lateral moraines
Supraglacial lateral moraines are ice-cored accumu
lations o f debris at the margins o f valley glaciers 
(Boulton and Eyles, 1979). The debris may be 
entrained in the glacier accumulation area, then be 
transported by glacier flow to the ablation area where 
it melts out, or the debris may fa ll directly on to the 
ablation zone. In the latter case, supraglacial lateral

moraines can form by the coalescence o f scree cones 
at the glacier margins (Figs 6.16 and 6.22). Tre 
reduction o f ablation by a thick debris cover m e. - 
that supraglacial lateral moraines commonly st_-J 
above the adjacent clean ice, which can result in 
ing and slumping o f debris down the moraine slcr>rk 
on to the glacier surface or the valley side. F u r . '. ' 
consideration o f the effect o f debris on glacier ab . - 
tion and debris reworking is given in Sections 6.- -  Z 
and 6.5.

6.4.4 Medial moraines
6.4.4.1 CLASSIFICATION

Medial moraines are among the most striking 
tures o f valley glaciers, providing a graphic pic:_na 
o f the movement o f both ice and debris (Fig. 6.1 
The visible part o f a medial moraine is the sur.i^t 
expression o f a medial debris septum, which ma; ntj 
a shallow feature or extend to the base o f the g la re

/ /  Debris septa

Ice fissure with 
scattered debris

Fig. 6.21 Maps o f ; r :  *  
septa, (a) Longitudina :t s 
exposed on the e = r-* r  
medial moraine, Haut G xm  
d'Arolla, Switzerlanc 
transverse septa, v. e :" -»  
medial moraine, Bas G х ш  
d'Arolla. (Redrawn - - 
Small, 1987a)

Continuous debris on 
surface

Patchy debris on the 
surface

0 30
______________ 1 i
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r 3. 6.22 Supraglacial lateral moraine form ed by the coa- 
r>cence o f scree cones at a glacier margin, Heimre III- 

i : reen, Norway. (Photo: D.l. Benn)

Fig. 6.16; Section 6.4.2). However, the debris on the 
-rface is generally more concentrated and laterally 

. vrensive than that w ithin the glacier, owing to the 
t rrects o f glacier ablation in redistributing the debris, 
л comprehensive classification o f medial moraines 
-as proposed by N. Eyles and Rogerson (1978a) on 
'.e basis o f the relationship between debris supply 
" j  the morphological development o f the moraine. 

~hree broad types were recognized: (a) ablation-
- ininant (AD) moraines, which emerge at the sur- 
_ce as the result o f the melt-out o f englacial debris; 
b ice-stream interaction (ISI) moraines, which find 
“ mediate surface expression downstream from 

-lacier confluences, often by the merging o f two 
jpraglacial lateral moraines; and (c) avalanche-type 
AT) moraines, which are transient features formed 

~% exceptional rockfall events on to a glacier surface. 
Tr.ese three types are described in turn below.

6 4.4.2 ABLATION-DOMINANT (AD) MORAINES

'•loraines o f this type emerge in ablation areas by the 
nelt-out o f englacial debris septa formed further 
-pglacier. N. Eyles and Rogerson (1978a) recog- 
~:zed three subtypes o f ablation-dominant moraine, 
refined according to the mechanism o f debris entrain- 
tnent as follows.

3elow firn-line type (AD1)
The debris in A D I moraines is entrained in glacier 
ablation areas, in the lee o f nunataks, where ice is 
heavily crevassed. Rockfall debris entering the 
crevasses comes to occupy shallow englacial posi
tions, and is then exposed downglacier by ablation. 
As the englacial debris is released and accumulates 
on the surface, an ice-cored ridge develops because 
the debris insulates the underlying ice from ablation. 
As ridge relief increases downglacier, debris rolls, 
slides and flows down the flanks on to the adjacent

(b)

Fig. 6.23 (a) Medial moraine on Shackleton Glacier, 
Antarctica (USGS). (b) A ir photograph o f part o f the snout 
o f Breidamerkurjokull, Iceland, in 1965, showing the close 
association between an englacial esker and a medial 
moraine. (Photograph by Landmaelingar Islands and Uni
versity o f Glasgow)

clean ice, increasing the width o f the moraine. How 
ever, this process eventually ceases, because the 
debris does not extend the fu ll depth o f the glacier 
and the supply to the moraine is limited. Once the 
englacial debris supply is exhausted, the r: f  rm 
degrades, and the moraine become' _ -relief 
veneer which is transported without further tr. d ifi- 
cation to the snout.
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A prominent moraine o f this type occurs on Aus- 
terdalsbreen. an outlet o f the Jostedalsbre icefield in 
south-central Norway (N. Eyles and Rogerson, 
1978a t. The moraine forms at the junction o f two ice
falls. Odinsbreen and Thorsbreen, that drop 800 m 
from the snowfields above. Debris enters the glacier 
via numerous crevasses and progressively melts out 
downglacier, forming an upstanding ice-cored ridge. 
The ridge attains a maximum height o f 12 m above 
the adjacent clean ice approximately 1200 m from 
the confluence, at which point the debris supply 
becomes exhausted. Thereafter, debris spreads later
ally, the ridge declines in relief, and moraine width 
increases from 40 m to over 200 m in the terminal 
zone.

Above firn-line type (AD2)
The AD2 type o f moraine is fed by debris in the accu
mulation area, either at the junction o f flow units or at 
persistent rockfall sites such as gullies in the glacier 
back wall. During its transport through the glacier 
accumulation area, the debris becomes more deeply 
buried by annual snowfall, then melts out below the 
firn line as deep ice is exposed by ablation. Several 
variants o f this moraine type can be recognized, 
according to the mechanism o f debris entrainment. 
(a) Rock debris falls on to the glacier surface and is 
buried in the snowpack. The resulting medial moraine 
consists o f longitudinal bands o f coarse, angular 
debris, sometimes with several parallel bands which 
may be o f different rock types. Examples from Stor- 
breen and S0re Illabreen, Norway, have been des

cribed by Vere and Benn (1989) (Fig. 6.24b). (b) Roc i 
debris falls into marginal crevasses, resulting in trar.- 
verse debris bands that melt out to form beadr_ 
moraines. These may merge downglacier into a c< '  ■ 
tinuous cover o f superficial debris. A  well-stud:,. 
example o f this type occurs on the Glacier de Tsidji г 
Nouve, Switzerland (Small et al., 1979; Small a- . 
Gomez, 1981; Small, 1987a). (c) Basal debris is ele
vated from the bed at a glacier confluence, forming . 
longitudinal septum rising upward from the bed b _ 
not immediately reaching the surface. A t higher 1. 
els, englacial debris consists o f rockfalls buried ~ 
snow or ingested in crevasses. As the resulting mec.. 
moraine melts out in the ablation zone, subglacial a ' . 
rockfall debris become mixed together. This is the > 
uation described as AD2 moraines by N. Eyles . 
Rogerson (1978a) using examples from Berenc - 
Glacier, British Columbia, Canada (Fig. 6.24a). Th; 
quantity o f englacial debris nourishing AD2 morair es 
is highly variable, leading to very different degree;- с 
morphological development. I f  the amount o f deb • i  
is small, the surface expression o f the moraine a * 
sists o f only a diffuse scatter o f particles, but i f  a larg; 
amount o f englacial debris is present, promine- 
upstanding ridges w ill develop (Small et al., 1979

Subglacial rock knob type (AD3)
The debris forming the AD3 type o f moraine is e 
vated from the bed in the lee o f ice-covered пхч 
knobs by converging ice flow. Basal debris-rich ice - 
rotated to form a vertical or steeply dipping long:'. . 
dinal septum, which generally has a high deb- »

SOUTH ARM ICE

Fig. 6.24(a
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: 6.24 Four medial moraines on Canadian and Norwe- 
: =n glaciers, (a) Three-dimensional view o f Berendon Glac- 
z' British Columbia, showing the form ation o f an ice- 
‘  eam interaction moraine at the junction o f the North and 

louth Arms (from N. Eyles and Rogerson, 1978b, repro- 
: -:ed by permission o f the  Geological Society o f America); 
: Sore lllabreen; (c) Storbreen; (d) Heimre lllabreen. (Pho- 
: D.l. Benn)

content, composed o f abraded clasts in a fine-grained 
matrix. When the septum melts out from the ice, it 
forms a low, steep-sided ridge o f poorly sorted t il l on 
the glacier surface, which gradually degrades on 
exposure to the weather (Vere and Benn, 1989). 
Debris accumulating on the adjacent ice retards abla
tion, increasing the relief o f the moraine above the 
rest o f the glacier. Debris then flows down the flanks 
o f the moraine, broadening and thinning the cover of 
debris on the surface.

In an example o f this type o f moraine on Storbreen, 
Norway, the width o f the debris septum decreases 
downglacier from the rock knob (Fig. 6.24c; Vere 
and Benn, 1989). The rock knob is now exposed by 
glacier retreat, revealing a massive, streamlined ‘ta il’ 
o f basal debris, tens o f metres across at the base, 
immediately in the lee. The ‘ta il’ progressively nar
rows downglacier, forming a 4 m wide septum 250 m 
from the rock knob, and is only 0.2 m wide at 280 m. 
Below this point, it narrows further to between 0.05 
and 0.1 m. The narrowing o f the septum results in a 
reduction o f debris supply to the surface with dis
tance downglacier, leading to a decline in the height 
o f the moraine above the adjacent clean ice.

6.4.4.3 ICE-STREAM INTERACTION (ISI) 
MORAINES

The ISI type o f moraine forms at the intersection of 
confluent valley glaciers below or close to the equilib
rium line (Fig. 6.23a). The moraines find immediate 
surface expression at the confluence, commonly by 
the merging o f supraglacial lateral moraines, although 
debris supply is usually supplemented downglacier by 
the melt-out o f englacial debris, which may consist o f 
passively transported rockfall material or elevated 
basal debris. As for ablation-dominant moraines, the 
morphological expression and evolution o f ice-stream 
interaction moraines is influenced by the amount o f 
available debris, large amounts o f englacial debris 
encouraging the development o f long-lived, high- 
relief moraine ridges. However, moraine morphology 
is also strongly influenced by the character o f ice flow 
(N. Eyles and Rogerson, 1978b). Lateral compression 
between merging ice streams can counteract the ten
dency o f moraine debris to spread out downglacier. 
particularly i f  the glacier is undergoing longitudinal 
extension (N. Eyles and Rogerson, 1978a; Smiraglia. 
1989; Fig. 6.24a). Complex surface forms can also 
develop i f  the two ice streams have different velocitie> 
or discharges, causing one to shear up over the other 
(N. Eyles and Rogerson, 1978a, b).

6.4.4.4 AVALANCHE-TYPE (AT) MORAINES

The avalanche type o f medial moraine > not a con
tinuous feature from debris source i -r. in. but is an
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isolated, longitudinal concentration o f debris passing 
downglacier (Fig. 6.24d). Avalanche-type moraines 
originate from large, low-frequency rockfall events, 
where the debris has subsequently been stretched out 
dow nglacier by ice flow. Clearly, a discrete medial 
moraine w ill not develop from rockfalls large enough 
to mask a considerable part o f the glacier surface. N. 
Eyles and Rogerson (1978a) described a multi-ridged 
example almost 1 km long from the Berendon Glac
ier. Other examples, on the upper Tasman Glacier, 
New Zealand, are shown in Fig. 1.19.

6.5 DEBRIS-MANTLED GLACIER 
SNOUTS
Some glaciers have a continuous debris mantle cov
ering the lower part o f their ablation zones. Such 
glaciers are common in high-relief mountain envi
ronments, such as the Himalaya and the Southern 
Alps o f New Zealand, where mass wasting processes 
deliver large volumes o f debris to glacier surfaces in 
both the accumulation and the ablation zones (Fig. 
6.25). Supraglacial debris entrained in the accumula
tion zone is buried in the snowpack or ingested in 
crevasses, and emerges in the ablation zone as debris 
septa (Section 6.3.2). Continuous debris mantles can 
also result from the melt-out o f englacial debris that 
has been elevated from the bed along shear planes. In 
both cases, glacier ablation progressively concen
trates debris on the surface, profoundly influencing 
patterns o f ablation and ice flow. Uneven reworking 
and deposition o f debris during glacier ablation is 
responsible for highly distinctive landform assem
blages underlain by complex sediment successions. 
In this section, we describe the topographic evolution 
o f ablating debris-mantled glacier ice, and the 
processes o f debris reworking in the supraglacial 
environment. The sediment associations resulting 
from the ablation o f debris-mantled glaciers are 
described in Sections 11.4, 12.3 and 12.6.2.

6.5.1 Ice ablation and debris 
accumulation
As we saw in Section 2.2.3.3, debris cover on a glac
ier surface profoundly influences surface ablation 
rates. Thin covers o f sediment on the glacier (up to 
5-'. mm) w ill promote melting, owing to their high 
~ _ -y .il conductivity and lower albedo compared to 

-_re ice. Once the debris concentration exceeds
11 mm it w ill insulate the underlying ice and

> melt rate compared to surrounding bare ice
- 'Ostrem. 1959: Nakawo and Young, 1981, 

П С И  Below thick debris covers (> 1 m), the amount 
.<• re  : - - '  -.er\ small. The effects o f debris cover

(b)
Fig. 6.25 Debris-mantled glacier snouts in the Hima г - 
(a) Batal Glacier, India. Coarse, angular debris cover de ' 
from  extensive rockwalls. (b) Khumbu Glacier, Nepal. 
debris-covered glacier surface (middle distance) is mas« r.: 
by snow cover. (Photos: D.l. Benn and B. Richards)

on ablation rates can be readily confirmed on de’"  - 
covered glacier ablation zones, where p a rt:..-  
smaller than 1 cm thick are often found at the bon a  
o f water-filled holes (cryoconites), whereas 1агг=т 
particles tend to be perched on top o f pillars o f pr - 
tected ice (glacier tables) (Fig. 6.26). In extr. I 
cases, the presence o f very thick sediment accuir _ . 
tions may retard ablation to such an extent that . s 
etation colonizes the glacier surface. In most c^-i- .y 
this vegetation cover consists o f grasses, sedges J 
alpine plants, but in temperate regions trees i 
become established, as on the surface o f rre 
Malaspina Glacier, Alaska (Fig. 6.27). In arid p 
environments characterized by continuous per-  . 
frost, the surface sediment may eventually exceea • j 
thickness o f summer thawing and the buried gi__ : - 
snout may never melt out, perhaps producing a : . . 
glacier (Chinn and D illon, 1987), or may procee. и 
ablate very slowly by the process o f sublimation.
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-ig. 6.26 Glacier table, where a large boulder has pro
moted the underlying ice from  ablation, Zongo Glacier, 
Cordillera Real, Bolivia. (Photo: D.l. Benn)

Fig. 6.27 Tree on the surface o f the Malaspina Glacier, 
Alaska. (From R.P Sharp, 1988. Reproduced by permission o f 
Cambridge University Press)

The primary process for the buildup o f supra
glacial debris mantles is the melt-out o f debris from 
glacier ice, which adds new material to the base of 
the layer (Fig. 6.28). Rates o f debris release depend 
on the debris concentration in the ice and the thick
ness o f the debris overburden. As debris begins to 
melt out from glacier ice, debris accumulation rates 
w ill be high at first, because a thin debris cover pro
motes ablation by reducing the albedo o f the surface

(Section 2.2.3). Once the debris cover thickens, 
debris accumulation rates slow down because the 
downward transfer o f heat for ice melting is limited 
by the thermal conductivity and thickness o f the 
debris layer. Drewry (1972) measured melt rates of 
clean and debris-covered ice and from these calcu
lated the heat flow through both material types. Over 
a 26-day period a clean ice surface melted by 0.9 m 
(water equivalent], which equates to a mean heat 
flow of 130 W  m . This was considerably larger than 
the melt rates o f debris-covered ice, which ranged 
from 0.21 to 0.57 m water equivalent and equated to 
a mean heat flow o f 56-118 W  m . Drewry calcu
lated a thermal conductivity (кd) o f 0.56 W m К  
for the debris cover at one o f his experimental sites, 
which is much lower than a typical value o f 
2.10 W m  К  for the thermal conductivity o f ice 
at 0°C (Drewry, 1972, 1986; Yen, 1981).

The effect o f surface debris layer thickening on 
ablation rates for the underlying ice can be summa
rized in the following relationship:

Ал' = T0I  (hdL  pj») (6.1)

where Abb. is the ablation rate for buried ice, kd is the 
thermal conductivity o f the debris layer, hA is the 
debris layer thickness, p;* is the density o f ice with 
dispersed debris, L  is the latent heat o f fusion o f ice, 
and T() is the temperature o f the debris surface. This 
simply states that, i f  all other factors are held con
stant, ablation rates decline exponentially with 
increasing debris layer thickness.

Debris can also be released on to glacier surfaces by 
sublimation, or the direct transformation o f ice to 
vapour, bypassing the intervening liquid phase (Sec
tion 2.2.3.1). This process is most effective on glacier 
snouts located in arid polar environments, such as 
parts o f Antarctica, where the extreme cold renders 
melting ineffective. Once an arid polar glacier has 
developed a supraglacial debris cover which is thicker 
than the depth o f seasonal melting (active layer depth), 
ablation by melt-out ceases, and further removal o f ice 
can take place only by the process o f sublimation 
(Bell, 1966; Shaw, 1988a). The sublimation process is 
an extremely slow one, and debris release rates have 
been calculated by Bell (1966) for the McMurdo 
Sound area, Antarctica. The time taken to remove 
interstitial ice from debris-rich glacier ice is given b\

t - Pi paz2/2r| AR 16.2

where t is time, pa is the density o f air. p: is the den
sity o f ice, z is t i l l thickness, r| is the viscosity i f  air. 
and AR is the difference in vapour den>ii\ ber.veen 
the top o f debris-rich ice and the atmosphere at the 
top o f the debris layer. Calculations ir.ahe b\ Bell 
(1966) indicate that it would take approximately 
2000 years to release 1 m of t il l bu: -  ■ • years to
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Fig. 6.28 Processes o f debris m elt-out 
from  d irty  ice at a glacier surface. Over 
clean ice, the surface is lowered by an 
am ount A bb due to  incoming solar 
radiation. On debris-mantled ice, heat 
is conducted downwards at a rate pro
portional to  the  thermal conductivity 
(К ) o f the upper debris layer, and
results in a m elting 
Drewry, 1986)

rate /4bb.. (From

release 2 m, showing that, as for supraglacial melt- 
out, debris release by sublimation becomes less 
effective as the overlying debris layer thickens.

The processes o f debris layer thickening described 
above are often interrupted, however, by the lateral 
movement o f debris under the influence o f gravity or 
flowing water. Debris mobilization is an extremely 
important process on dirty glacier surfaces, and 
involves complex interactions between initial debris 
layer thicknesses, local ablation rates, and resulting 
changes in the ice surface topography, as described in 
the following section.

6.5.2 Debris cover and topographic 
development
6.5.2.1 DEBRIS DISTRIBUTION AND 
DIFFERENTIAL ABLATION

Continuous supraglacial debris mantles commonly 
exhibit great spatial variability in thickness, lithology 
and grain size, reflecting the distribution o f debris 
sources and transport paths, and subsequent rework
ing on top o f and within the glacier. The in itia l posi
tion o f thicker debris accumulations reflects the 
distribution o f englacial septa, which melt out o f the 
: je. forming longitudinal or transverse concentrations 

debris separated by areas o f bare ice (Section 
- .2 1. As ablation proceeds, continuing melt-out and 

-teral spreading o f debris gradually result in com
plete coverage o f the glacier surface, although spatial 
_ rerences in debris thickness and composition 
. --.m лп1у persist, at least during the in itia l stages o f
■ г.. For example, longitudinal bands o f granite 

<h:st debris, reflecting variations in catchment
- an be traced the fu ll length o f the debris- 

iB jetkvi snout o f the Khumbu Glacier (Fig. 6.29; 
Ft> • — _ 19S 0D ebris  variability on the glacier

surface is responsible for large differences in the ther
mal properties o f the glacier over short distances, 
resulting in differential ablation. Local ablation rates 
are also influenced by debris lithology. Inoue and 
Yoshida (1980) found that on the Khumbu Glacier, 
ablation rates were greater below dark-coloured 
schistose debris than below light-coloured granitic 
debris, apparently because o f differences in albedo 
(Fig. 6.30).

6.5.2.2 DIRT CONE DEVELOPMENT

Differential ablation removes more ice from some 
areas than others, producing upstanding dirt-coverec 
mounds on the glacier surface. These mounds arc 
commonly referred to as dirt cones even though the 
debris forms a relatively thin veneer and the mounc 
are predominantly composed o f protected ice (F:_ 
6.31 and 6.32; Lewis, 1940a; Swithinbank, 195 
Drewry, 1972). D irt cones are often elongate, because 
they represent either the release o f continuous debr:-- 
rich septa or ice protected by the former bedload f 
supraglacial or englacial streams (Boulton, 196“ . 
Hooke, 1970; Drewry, 1972; Knighton, 1973; Kir- 
bride and Spedding, 1996). The mounds w ill cor- 
tinue to grow (or rather, the troughs between w : 
continue to deepen) until the gradient o f the mou- . 
flanks is sufficient to cause sediment moveme-: 
under gravity, exposing the ice core and allow ir.i 
renewed melting. New mounds are then produc;. 
wherever the sediment comes to rest after falling 
flowing from the old mound crest. Critical angles f - 
such failure vary according to the grain size arc 
water content o f the sediment cover. For example. 
Drewry (1972) suggests a threshold grain size ran_. 
o f 0.2-0.6 mm for dirt cone inception, with optimum 
grain sizes lying between 0.6 and 5 mm. Below th 
threshold the low liquid lim it o f the finer sediment 
causes it  to fa il at low slope angles. In addi;: :
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avalanche slopes
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Fig. 6.29 D istribution o f supraglacial 
debris types and catchment lithology, 
Khumbu Glacier, Nepal. (M odified 
from  Fushimi etal., 1980)

Fig. 6.30 Transverse profile 
o f Khumbu Glacier, showing 
lowering o f the surface pro
file  between 27 July and 4 
September 1978. Note tha t 
the largest amounts o f sur
face lowering occur in the 
schist-covered zone. (M odi
fied from  Inoue and 
Yoshida, 1980)

Granite zone ■<--------------------------------------------------
Schist zone

Granite zone

stream
stream

coarser particles w ill tend to ro ll down ice slopes 
very easily, and even in situations where a thick 
coverage o f coarse sediment exists, the increase in 
permeability allows air circulation and inhibits d if
ferential ablation.

Drewry (1972) developed a mathematical model o f 
dirt cone evolution, in which growth is controlled by 
the ablation differential, or the difference between the 
ablation rate on the cone compared to the surrounding

ice. The growth is self-lim iting, because increases in 
slope angles cause sediment failure, redistributing the 
debris and reducing the ablation differential. As sedi
ment accumulations grow in thickness and exten: on an 
ablating snout, they w ill ultimately reduce the ablation 
differential and eventually terminate the e\ Mution o f 
dirt cones. The model thus displays a negative feed
back mechanism slows dirt cone grow th and e entually 
initiates the waning phase.
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Fig. 6.31 D irt cones on stagnant glacier ice, Spitzbergen. 
(Photo: C.M. Clapperton)

6.5.3 Debris reworking
Debris accumulating on a glacier surface commonly 
undergoes several cycles o f movement and remobi
lization before final deposition (Lawson, 1979a, 
1981b, 1982; Paul and Eyles, 1990). The two most 
important processes o f debris reworking are gravita
tional mass movement and transport by water.

6.5.3.1 GRAVITATIONAL REWORKING

Differential ablation leads to the production o f relief 
on a glacier snout and the gradual steepening o f slope 
angles on the flanks o f dirt cones. Eventually, slope- 
steepening initiates failure and mass movement o f the 
overlying debris by debris flow, sliding or other grav
itational processes. Debris flows are particularly com
mon, because o f the abundance o f meltwater, which 
saturates surface debris and lowers its strength (Fig. 
6.33). Owing to this continuous change in the surface 
relief o f the glacier and the high water contents or flu
id ity o f supraglacial sediment assemblages, gravita
tional reworking occurs wherever sufficient debris 
occurs on sloping glacier surfaces. For example, Law
son (1979a) estimated that 95 per cent o f the sediment

in the snout o f the Matanuska Glacier, Alaska, under
goes resedimentation, predominantly by mass 
flowage on very low-angle slopes (1-7°).

The conditions for the mobilization o f debris flows 
are very similar to those required for the movement 
o f a subglacial deforming layer (Section 4.4.2). 
Flows are initiated when the shear stress exerted by 
the weight and surface slope o f the debris layer 
exceeds the shear strength o f the sediment. As for 
subglacial sediment, shear strength can be approxi
mated by the Coulomb equation (Section 4.4.2.2):

x* = с + N  tan 0; (6.3

where с is cohesion, 0j is the angle o f internal fric 
tion, and N  is effective normal stress (equal to the 
overburden pressure minus the porewater pressure 
P\ -  P J-

Flowage w ill occur if: (a) sediment strength 
reduced by an increase in porewater pressure; (b) tr . 
shear stress is increased by an increase in slope angk 
due to differential ablation; or (c) the shear stress л 
increased owing to an increase in debris layer thk • 
ness. This last case applies only where cohesion for" - 
an important component o f debris strength, becaL 
for cohesionless flows, strength increases faster th - 
shear stress with increasing debris thickness.

The addition o f sediment to a debris layer ma\ 
by mass movement from surrounding ice skp-.-k 
(allochthonous addition) or from melt-out o f un;. 
lying ice (autochthonous addition). Debris flows ^-4 
serve to remove sediment from upstanding are. . 
exposing bare ice to renewed ablation (Fig. 6.34

The reworking o f supraglacial debris by mas- fl ?m 
processes has been studied by Boulton (1968. 1 
on Spitsbergen glaciers and by Lawson (ly~'L'4j  
1981a, b, 1982) on the Matanuska Glacier. A._ u. 
Both researchers have emphasised that the behu I o k  
morphology and sedimentological characterise. л 
mass flows are strongly dependent on the water . ■ 
tent. Lawson recognized four different types o: ~ 4 j  
based upon the relationship between water с

Fig. 6.32 The evo i_~i 
a d irt cone from  :->* 
out o f an engla: ; 
band. Scale bars ' i :  
3 m. (M odified f ' : ~  

ton, 1967)
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Fig. 6.33 Characteristics o f 
supraglacial debris flows. 
(From Drewry, 1986)

Type I  flows have a low water content (8-14 per 
cent by weight), and tend to behave as a rigid or 
semi-rigid ‘plug’ rafted along on a thin basal shear 
zone. Active flows form broad, non-channelized 
lobes, rather like miniature glaciers. Type I I  flows 
have a water content o f с. 15-20 per cent, and conse
quently have lower shear strength. Active flows tend 
to occupy channels which are partly eroded by the 
flow and partly bounded by levees o f coarse, bull
dozed sediment, and run out into pronounced deposi- 
tional lobes. As for Type I  flows, a central, rigid plug 
zone is present, but shear occurs in a thicker basal 
and marginal zone. Type I I I  flows have yet higher 
water content during flow (18-25 per cent), and still 
lower shear strength. Shear occurs throughout all or 
most o f the sediment mass, with only poorly devel
oped plug zones. Because o f the low sediment 
strength, flows tend to be thin (generally < 0.5 m), 
rapidly moving and very erosive, cutting channels in 
pre-existing sediments. Flow is often turbulent, with 
sediment pulses sloshing irregularly down channels 
and feeding lobate terminal fans. Type IV flow s  have 
the highest water content (> 25 per cent) and very 
low strength. Active flows are rapidly moving slur
ries occupying narrow channels and feeding broad, 
thin terminal lobes, but because water is abundant 
during their formation, they are often reworked by 
stream flow. The sedimentological characteristics o f 
debris flow deposits are discussed in Section 10.5.5.

(b)

Fig. 6.34 Removal and addition o f sediment by debris 
flows, (a) Flow source area showing erosional scar, (b) 
-obate snout o f flow. (Photos: C.M. Clapperton)

and other factors such as the mean grain size, maxi
mum flow thickness, shear strength, porosity and bulk 
density (Fig. 6.35 and Table 6.1). The success o f this 
scheme is reflected in the fact that supraglacial mass 
movements are often referred to as ‘Lawson flows’ . 
The continuum ranges from stiff, high-strength and 
slow-moving flows (Type I) to fluidized, low-strength 
and rapidly evolving flows (Type IV).

6.5.3.2 MELTWATER REWORKING

Where debris-mantled glaciers have a low surface 
slope, meltwater streams meander tortuously over 
the surface and eventually incise deep channels into 
the snout, cross-cutting debris septa and reworking 
supraglacial and englacial sediment accumulations 
(Fig. 6.36). Reworking o f sediment and debris-rich 
glacier ice by meltwater can take place on and within 
the glacier and at its margins, constituting an efficient 
grain-size sorting process by removing finer sedi
ments from the snout area and depositing them in
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Individual lobes Я -О

Fig. 6.35 Characteristics o f debris flows and the ir relationship to  w ater content. (A) Cross- and long itud ina l profiles o f active flows; (B) plan form ; (C) sediment char
acteristics. Six typical sedimentary facies are recognized: (1) textura lly  homogeneous, increased gravel content o f traction origin, massive to  graded, pebble fabric weak 
to  absent; (2) massive and textura lly heterogeneous, absence o f large grains (from  settling), possible increase in silt and clay, weak pebble fabric; (3) massive and tex- 
tu ra lly  distinctive, sometimes structured sediments, pebble fabrics absent, clasts commonly vertical; (4) massive and fine-grained (sand-day) similar to  m atrix o f facies 
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"able 6.1 Attributes o f active sediment flows

Attribute Flow type

I II III IV

Morphology Lobate with marginal 
ridges; non-channelized

Lobate to channelized Channelized Channelized

Channel-wise profile Body constant in 
thickness with planar 
surface; head stands 
above body; tail thins 
abruptly upslope

Body constant in 
thickness with ridged 
to planar surface; head 
stands above body 
(<type I); tail thins 
upslope

Mass thins from head to 
tail; irregular surface

Thin continuous 
‘stream’; planar surface

Thickness (m) 0.01-2
(0.5-1 typical)

0.01-1.4
(0.1-0.7 typical)

0.03-0.6 0.02-0.1

Bulk water 
content (wt %)*

-8-14 -14-19 -18-25 >25

Bulk wet
_ 3

tensity (g cm ')
2.0-2.6 1.9-2.15 1.8-1.95 <1.8

Surface flow 
rites (cm s )

0.1-0.5 0.2-5 15-125 1-200

Typical length 
f  flow (m)

10-300f 1.0-3001 100-4001 50^100t

Surface shear 
-irength (kg cm )

0.4-1.5 0.6 or less Not measurable Not measurable

\pprox. bulk mean 
д-ain size (mm)*

2-0.3 0.4-0.1 0.15-0.06 <0.06

Flow character 
laminar)

Shear in thin basal 
zone with override at 
head

Rafted plug with shear 
in lower and marginal
zones

Discontinuous plug to 
shear throughout

Differential shear 
throughout

Grain support and 
'.ransport

Gross strength Gross strength in Reduced strength, 
plug; traction, local traction, grain- 
liquefaction and dispersive pressures; 
fluidization, grain- possibly 
dispersive pressures and liquefaction-fluidization, 
reduced matrix strength transient turbidity 
in shear zone

Liquefaction; some 
traction; buoyancy (?)

Source: Lawson (1979a)
Sample from central part of flow 

" Maximum length of flow reflects boundary conditions of glacier terminus region

rroglacial locations. In the absence o f crevasse net
works, stream channel positions on debris-mantled 
Racier snouts are often guided by debris concentra- 
:.ons and buried ice bodies, and therefore they are 
ery effective in the redistribution and deposition of 

-ediment at the margins o f such obstacles. Sediment 
riginating from the melt-out o f debris septa can be 

.arried away from the bases o f dirt cones to be re- 
reposited in crevasses and shallow ponds on the 
/lacier surface. Deeper crevasses may accumulate

thick sequences o f stratified sediment in this way and 
may eventually develop into eskers, where streams 
excavate continuous tunnels through debris-rich ice.

Although such large-scale reworking by meltwater 
is often the most obvious, a considerable amount o f 
sediment redistribution is undertaken by -mailer 
flows. A t the micro-scale, meltwater ma\ me \ e very 
fine particles between individual ice cry stals b> inter- 
granular percolation. A t the macro-scale. Lawson 
(1979a) reported sediment reworking on the
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Fig. 6.36 Supraglacial fluvia l deposits and m eltwater 
streams cutting across debris septa, Kviarjokull, Iceland. 
(Photo: D.J.A. Evans)

Matanuska Glacier in two types o f meltwater flow: 
(a) sheet flows 1-10 mm thick; and (b) rill flows 
5-6 cm deep and up to 3 cm wide. Most material is 
moved in suspension, with minor amounts o f coarse 
sand- and granule-sized particles being moved as a 
result o f the low friction o f the ice beds o f the melt
water flows. Although the sedimentation rates of 
meltwater flows w ill vary widely according to debris 
concentration and distribution in the glacier, Lawson 
(1979a) recorded a range o f 0.1-10 cm day for 
meltwater flowing from ablating basal ice and back- 
wasting ice-cored slopes on the Matanuska Glacier.

Crude sediment sorting takes place on ablating 
debris-rich ice by a combination o f mass flow and 
fluvial processes. Using observations on the 
Matanuska Glacier, Lawson (1979a) described the 
influence o f the slope angle o f the ablating ice on 
sediment release and reworking. On high-angled 
slopes, the ablation process releases sediment which 
then slides, falls and rolls to the base o f the slope. 
Silts and clays are carried o ff the slope in suspension 
in sheet and r i l l  meltwater flows. I f  there is no 
surface drainage in the immediate vicin ity o f the 
ablating ice slope, all these sediments become 
reunited in localized hollows, where they become 
oversaturated by the continued melting o f underlying 
ice in addition to inflows o f surface meltwater. 
Effective drainage w ill result in the progressive 
coarsening o f debris accumulating at the base o f 
_?lating debris-rich ice slopes. On low-angled slopes
< 20: ). the debris released by ablation becomes 

:_?:dly coarsened as fines are transported away by 
ater flows, but this coarsening is inhibited once 

■. . j-se debris cover thickens. However, this nega- 
. ‘ eedback on low-angled slopes is observed only

1 . v J:zed basis, owing to the large relief differ- 
oces produced by differential ablation o f the glacier 
■■free. Excellent examples o f the juxtaposition o f

mass flow and fluvial processes on a stagnant glac:;- 
snout are provided by Boulton (1967, 1968) frc-| 
Spitsbergen glaciers. During the early stages of 
wastage, fluvial sedimentary sequences are sub;;.' 
to the same continuous disturbance as other supr. 
glacial debris and therefore are only crudely repr:- 
sented in the final depositional record. Howe\ _ 
meltwater reworking during the advanced stage- ;* 
deglaciation can result in large positive re lie f featur: ■ 
with well-preserved internal structures. Where f. 
vial processes become dominant and large tracts Ы  
alluvium are deposited over shallow snouts, t i  s 
proglacial area evolves into a kame and kettle top: _ 
raphy (Section 11.4.3).

The margins o f glaciers may be considerably n: •; • 
ified by meltwater streams in situations where 
valley sides or lateral moraines restrict lateral stre. 
migration. Shallow snouts may eventually Ьесопчз 
heavily dissected and buried by alluvium in su-n 
situations. It has been suggested by D.J.A. E \ ■ 
(1989b) that marginal streams are influential in r e  
apron entrainment process by subpolar glac r - ► 
(cf. Maag, 1969) where they carry sediment acr 
fluvially-cut ice steps into englacial positions: - 
sediments are then re-entrained by the closure 
marginal ice tunnels or glacier overriding o f apr: - 
comprising dry-calved ice blocks and i n t e r v e r r  
gravel accumulations. This entrainment ргсь.; . 
which may rework the same debris numerous tin;. . 
is used to explain the debris-rich bands and elon;. : 
clots cutting across the folia in the snout cliffs .: 
containing fluvially modified gravels.

The importance o f subglacial and englacial dr. 
age networks in eroding, transporting and depo.-:: -.:

Fig. 6.37 A blation o f debris-covered glacier ice b\ га в  
wasting, showing topographic inversion. (From N. Ejfe 
1979. Reproduced by permission o f the Canadian Jo u "  = в 
Earth Sciences)
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rdiment has been emphasized by Gustavson and 
3oothroyd (1987), who showed that around the stag
nating margins o f the Malaspina Glacier, Alaska, 
-ebris eroded from the bed by meltstreams is the sin
gle most important source o f sediment. They argue 
".at, in this case, the elevation o f basal debris along 
near planes within the ice is a comparatively minor 
lechanism for the supply o f supraglacial debris. The 
mportance o f englacial meltstreams in the transport 
: debris in debris-rich ice has also been highlighted

- Kirkbride and Spedding (1996).

5.5.4 Wastage of debris-mantled 
glaciers
~he processes o f differential ablation, debris rework- 
ng, and drainage development on debris-mantled 
-laciers result in very distinctive topographic evolu- 
on during deglaciation. The presence o f a thick 

.lebris mantle also serves to decouple glacier 
;>ponse from climatic forcing, so that episodes of 
-ipid ice wastage may lag behind climatic inputs by 
everal decades or more, unlike clean glacier snouts, 
vhich respond rapidly to climatic warming.

5.5.4.1 TOPOGRAPHIC INVERSION

Dirt cone development and associated debris rework- 
ng serve to redistribute sediment on the glacier 
•jrface, changing the spatial pattern o f differential 
-Nation. Boulton (1971) showed how this leads to a
• equence o f topographic inversion or reversal on the 
-lacier surface. As described in Section 6.5.2.2, topo
graphic highs (dirt cones) are first produced where 
.'e is protected by a debris concentration. As the 
•lopes o f the topographic high increase and debris 
~ows to the surrounding low points on the glacier
- irface, the ice at the centre is exposed to the atmos- 
rrere and its ablation rates increase; the flowed
. - ment then acts to protect the ice in the surroun- 

depressions. Rapid ablation o f the exposed ice 
es o f dirt cones and reduced ablation o f debris- 

. ered hollows eventually results in an inversion o f 
■. topography, with former hollows evolving into 
. v dirt cones, and vice versa (Figs 6.37 and 6.38; 

also N. Eyles, 1979; Kirkbride, 1993). Topo- 
r -jphic inversion may take place numerous times 
~efore the supraglacial debris is finally deposited on 
'.e substrate, resulting in complex sediment assem- 

'lages consisting o f faulted and folded fluvial, lacus- 
rine and mass-movement deposits (Section 11.4).

Topographic inversion is an important process 
. here debris cover is uneven enough to allow differen- 

::al ablation. However, the development o f very thick 
debris mantles reduces ablation rates over the entire 
glacier surface to such an extent that topographic 
Inversion is inhibited, and a more subdued, low-relief

Fig. 6.38 Evolution o f glacier karst on an ablating debris- 
mantled glacier, (a) Young stage; (b) mature stage; (c) old 
stage. 1: Debris bands in glacier ice; 2: ice-cored ridge; 3: 
depositional trough; 4: backwasting slope o f exposed ice; 5: 
debris flow ; 6: enlargement o f crevasse by ice melt; 7: sub
glacial conduit; 8: sink holes; 9: collapsed tunnel roof; 10: 
enlargement o f sinkhole by ice melt and collapse; 1 1 : lake 
w ith  backwasting margins; 1 2 : dead ice; 13: ice-free hum
mocky terrain; 14: deposits o f supraglacial environments; 
15: lakes; 16: deposits o f subglacial environments. (Redrawn 
from  Kruger, 1994)
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topography develops. This tends to be the case only on 
longer glaciers with very high debris content, such as 
the Khumbu Glacier (Iwataef al., 1980).

6.5.4.2 GLACIER KARST

Where dirt cone development is inhibited, ablation 
tends to be focused where the debris cover is perfo
rated by moulins, lake basins and other holes in the 
glacier surface. The slopes around such holes tend to 
be too steep to support debris, so that bare ice is 
exposed and ablation rates are high. Ablation pro
ceeds by backwasting, or the parallel retreat o f ice 
slopes around the hole or lake shore. This can be the 
most important component o f ablation on the lower 
part o f large debris-mantled glaciers such as the 
Khumbu and the Tasman (Inoue and Yoshida, 1980; 
Kirkbride, 1993). The importance o f localized abla
tion in the vicinity o f holes and fissures results in a 
distinctive sequence o f glacier wastage similar to the 
development of karst features on limestone terrain, 
which led Clayton (1964) to introduce the term glac
ier karst to refer to the forms developed on wasting 
debris-mantled glaciers. O f course, on limestone 
terrain, fissures are enlarged by solution o f calcium 
carbonate, whereas on glaciers they are enlarged by 
preferential melting o f exposed ice. Clayton proposed 
a karst development cycle consisting o f three stages: 
(a) the young stage, characterized by dirt cone 
growth; (b) the mature stage, in which extensive 
debris cover is broken only by moulins and crev
asses, which develop into funnel-shaped sinkholes 
and finally into large water-filled depressions (poljes 
and uvalas)\ and (c) the old stage, in which only 
remnant, stagnant ice cores remain (Fig. 6.38). Each 
stage is associated with a thickening supraglacial 
debris cover ranging from less than a few centi
metres to > 3 m thick. Very detailed descriptions of 
depositional and erosional processes, topographic 
development and sedimentology associated with 
each stage have been provided by Kruger (1994) for 
the margins o f Kotlujokull, a debris-mantled outlet 
o f the icecap Myrdalsjokull in Iceland.

Holes on debris-mantled glaciers are enlarged by 
backwasting and the collapse o f the roofs of 
englacial and subglacial conduits, similar to the 
creation o f large sinkholes on limestone when cave 
chambers collapse. Collapsed conduits are identifi
able on glacier surfaces as chains o f crater-like 
repressions filled with water. An example from the 
Ta-tr.an Glacier, New Zealand, is shown in Fig. 6.39 
? _te 16) and Fig. 6.40 (Kirkbride, 1993); other 

; _~ples from Alaska have been described by Rus- 
и1Ч' .  Tarr and Martin (1914) and Clayton

-  Other karst-type features such as dry stream 
to fc . tunnels and caves, sinking streams and springs 

dentified on the Alaskan glaciers.

Glacier karst development on the Tasman Glacier 
over the past 40 years has progressed to the stage 
where sinkholes have been enlarged into supraglacial 
lakes (Fig. 6.40). Kirkbride (1993) has shown that 
the development o f such lakes is related to the pres
ence o f a reverse slope beneath the glacier margin, 
such as the proximal edge o f a sandur plain (outwash 
head) or a bedrock bar, which creates a high base 
level for englacial drainage (Fig. 6.41). Enlargement 
o f moulins and the collapse o f tunnel roofs perforate 
the debris mantle, leading to localized melting o f the 
exposed ice walls. In itia l growth o f the lake basin'

(b)
Fig. 6.40 Vertical aerial photographs o f the Tasman 3 = 
ier, New Zealand, in (a) 1971 and (b) 1986. In the 197" zr 
tograph, the chain o f circular depressions probably re :: ? 
the collapse o f an englacial conduit. By 1986 the. 
become enlarged in to a series o f lakes ow ing to  pre’ e - 
tia l ablation around the margins o f the depressions 
Zealand Department o f Scientific Research)
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"ig. 6.41 Evolution o f lake basins in glacier karst. (1) Slow 
-e lt in g  under a continuous debris mantle; (2 ) collapse o f 
:onduit roofs exposes ice walls to  rapid ablation; (3) growth 
5id  coalescence o f lakes w ith  po tentia lly  unstable ice floor; 
-  disintegration o f ice flo o r increases w ater depth and ini- 

■ ates rapid calving retreat. (From Kirkbride, 1993)

- by backwasting, but as the water deepens, the ice 
r. the lake floor becomes increasingly unstable and 

'locks w ill calve o ff and float to the surface. Disinte
gration o f the ice floor increases water depth, initiat- 
ig  rapid calving retreat o f the lake margins. The 
>tal ablation associated with lake growth increases 

. '.ponentially through time, because the area o f bare 
:e increases as the lake perimeter enlarges, and
■ ecause calving processes become more efficient as

the lake grows and deepens. Between 1973 and 1988 
the average increase in lake diameter on the stagnat
ing snout o f the Tasman Glacier was 1 2 m y r  , 
translating into a growth in lake area o f approxi
mately 550,000 m over the 15-year period (Chinn 
and Kirkbride, 1988; Kirkbride, 1993).

It is sometimes assumed that the presence o f glac
ier karst implies that a glacier tongue is stagnant and 
no longer actively sliding or deforming internally. 
This has been shown to be untrue by Kirkbride 
(1995b), who showed that the Tasman Glacier is still 
moving w ithin 300 m o f its terminus position, even at 
advanced stages o f karst development. Thinning o f 
the glacier has resulted in a reduction in ice velocities, 
and a realignment o f velocity vectors in response to 
the evolution o f local ice surface topography. Similar 
patterns o f ice flow were observed on the Khumbu 
Glacier by Fushimi (1977). Glacier stagnation can, 
however, occur over large areas in some cases. Low 
rates o f ablation o f debris-mantled ice mean that, dur
ing periods o f negative mass balance and glacier 
recession, debris-covered glacier snouts can become 
cut o ff from more rapidly ablating ice further upval- 
ley. The decrease in ablation with distance downvalley 
(due to thickening debris cover) reduces the overall 
gradient o f the glacier snout, thus lowering rates of 
flow and creating a stagnant ice mass that wastes away 
in situ. This situation tends to occur at the snout o f a 
surging glacier during its quiescent period, when rates 
o f ice supply from the upper part o f the glacier can no 
longer sustain flow in the lower part, and debris- 
covered areas o f the snout become cut o ff from active 
parts o f the glacier.

In summary, glacier karst is like ly to develop 
where the follow ing conditions are met: (a) debris 
cover insulates the ice and ablation is focused around 
holes in the glacier surface; (b) internal drainage net
works are well developed so that tunnels can be 
enlarged by free-flowing meltwater; and (c) where 
ice is thin or englacial tunnels are close to the sur
face, so that conduits are not closed o ff by ice defor
mation at times o f low flow. Where large conduits 
remain open, roof collapse is possible. In addition, 
glacier karst development can be maintained on 
actively moving glacier snouts i f  overall ablation 
rates are high.
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7.1 INTRODUCTION
So far we have presented information on processes 
associated directly with glacier ice, whether they 
take place in subglacial, englacial or supraglacial 
positions. In this chapter we present information on 
terrestrial processes associated with glacier margins. 
Ice-marginal environments are also often character
ized by deep water where a variety o f subaqueous 
processes are active, and these are covered separately 
in Chapter 8.

A  visit to the snout o f an actively receding 
temperate glacier reveals that a large number o f 
processes contribute to the production o f ice- 
marginal landform-sediment assemblages (Fig. 7.1). 
Indeed, the ice-marginal processes o f erosion and 
redeposition that accompany ice recession from an 
area are so effective that it  is surprising any sub
glacial and englacial features survive relatively 
intact. Examples o f glacial landsystems presented 
in Chapter 12 demonstrate that deglaciated terrain 
often comprises a complex o f primary glacigenic 
landform-sediment assemblages (drumlins, eskers, 
etc.) which are partially eroded and/or buried by ice- 
marginal forms and sediments (ice-contact fans, 
meltwater channels, pitted outwash, etc.), or even 
displaced by glacier readvance (push moraines, 
thrust-block moraines, etc.). We now review the 
processes associated with ice ablation, glacier re
advance and paraglacial reworking at the margins of 
glaciers. The more advanced (fluvial) stages of 
proglacial landform development are covered in 
Chapter 3.

7.2 GLACIER ADVANCE AND 
RETREAT
7.2.1 Advance and retreat cycles
The processes operating at glacier margins, and the 
types o f sediments and landforms that are created, 
are sensitively dependent on whether the margin is 
advancing or retreating. Glacier margins advance or 
retreat in response to variations in ablation, which 
removes ice from the glacier, and the horizontal com
ponent o f velocity, which carries ice forward. Boul- 
: n 1986) showed that a glacier margin w ill remain 
in :he same position when

U. = a j tan a (7.1)

' is the horizontal velocity component, ab
- ablation rate, a is the glacier surface slope, 

is the horizontal component o f abla-
n .

Fig. 7.1 Margin o f the Miage Glacier, Italy. Debris cover ■: 
redistributed by mass movement processes (left) and m e : 
water (centre). Overhangs in the exposure o f clean 
(right) mark englacial thrust planes. (Photo: D.l. Benn)

Note that although the terminus position is statior - 
ary in this case, the ice itself is in motion but 
removed from the leading edge at a rate equal to t r . 
velocity (Fig. 7.2). Terminus retreat occurs when I
< ab/tan a, and advance occurs when ULX > ab/tan

Glacier margins commonly fluctuate over t . 
course o f a year as Utx and ah vary. In the winter, g L . 
ier sliding velocities tend to be low owing to the la. i  
o f meltwater at the bed (Sections 4.5.3 and 4.7.! . 
However, because ablation rates are generally neg 
gibly small in winter compared with the summer.: -. 
relative magnitudes o f Ua and ab over the year t er . 
to produce a winter advance and a summer retre. 
Winter readvances typically start late in the ablatio* 
season when melting at the margin no longer excee. ■ 
the forward motion o f the glacier. The horizon _J 
component o f ablation is so low in late winter r_ l 
the small winter flow velocity produces a small glac] 
ier advance. Although summer flow velocities г э  
higher than those in winter, the high summer abla: ч 
rates force the glacier to undergo net retreat.

On longer timescales, glacier margins under, 
advance and retreat in response to climatic change nr 
internal instabilities such as surge cycles (Sec: n 
4.8). In essence, climatic influences on glacier ter~ • 
nus behaviour can be subdivided into factors caus - 1>

Fig. 7.2 Defin ition sketch showing the  influence o f :c 
ity, ablation rate and ice surface slope on glacier а с . г * з  
and retreat
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. * rnges in ablation and those causing changes in 
-. cumulation. As discussed above, changes in abla- 

n have a more or less instantaneous effect on the
- rcier front position by altering the balance between

and ah. Long-term increases in ablation rates w ill
- - jse glacier recession, with the margin occupying

■re restricted positions each successive year. Con-
■ - ~>ely, long-term reductions in ablation w ill cause
■ erall glacier advance. As we saw in Section 6.5.1, 

-f  ?ris-mantled glacier snouts are rather insensitive to 
. matic change, owing to the damping effect o f 
irbris cover on ablation rates. Changes in accumula- 
r  n also cause ice-front fluctuations by varying the 
. ~ ount o f ice that must be discharged through the 
_• 'tem, and causing changes in ice thickness and 

-■-dient which govern the magnitude o f the driving 
■esses (Sections 4.1 and 4.7.2). In this case, how-

- • er. advance or retreat o f the margin w ill lag behind 
' i  climatic forcing because the signal must be trans- 
-~ed from the accumulation area to the snout by 

r _cier flow. This time lag, or response time, is great-
- for long or slowly moving glaciers, and least for 

' all or rapidly moving glaciers (Johannesson et al.,
" - >9: Paterson, 1994). Glacier response times have 
'een calculated using kinematic wave theory (e.g.

e. 1960; Paterson, 1994), but can be more accu- 
~_:ely determined using physically based flow mod- 
: - 'e.g. van de Wal and Oerlemans, 1995).

'.2.2 Implications for geomorphic
processes
I rferent geomorphic processes w ill dominate dur- 
_r  periods o f advance and retreat. During retreat, 
.ebris is shed from the ice and deposited on the 
re.vly deglaciated foreland by a range o f processes, 

_inly gravitational and glacifluvial reworking.
. erall rates o f sediment accumulation w ill depend 

.ron the debris content o f the ice and the balance 
' r .ween the rates o f retreat and debris delivery to the 
-irgin by glacier flow. Other factors being equal, 
-r id  retreat w ill result in lower rates o f debris 
-lease than slow retreat, because in the latter case 

re debris is transported towards the marginal zone 
' ■ the forward movement of the glacier during each 

rrement o f glacier retreat. The most rapid sedi
mentation rates w ill occur when the ice margin is sta- 

nary, and all debris brought forward by the glacier
- rocused on a single site. The processes o f ice-mar-

- nal deposition are reviewed in Section 7.3.
When glacier margins are advancing, debris can
11 be deposited on to the foreland by gravity and 
wing water, but it  w ill be overridden and/or relo-

._;ed by the glacier as it advances over the site of 
reposition. The relocation o f proglacial rocks and 
.riments by advancing glacier ice is a very impor- 

process, and one which produces some o f the

most impressive ice-marginal landforms. The 
processes o f relocation are discussed in Section 7.4.

7.3 ICE-MARGINAL DEPOSITION
7.3.1 Processes and patterns of 
deposition
The processes o f debris reworking and deposition in 
terrestrial ice-marginal environments are closely 
similar to those in supraglacial settings reviewed in 
Section 6.5.3. The most widespread are gravitational 
processes, such as debris flow, falling, rolling and 
sliding, and deposition from flowing water. The rela
tive importance o f gravitational and glacifluvial 
processes varies from glacier to glacier, according to 
the availability o f debris and meltwater.

A t stationary or slowly changing ice margins, 
gravitational processes deposit debris as ice-contact 
aprons o f scree or debris flows. Where debris supply 
is low, such aprons form small ramparts along the ice 
edge, whereas larger amounts o f debris build up sub
stantial fans and cones (Fig. 7.3a). Debris supply is 
commonly variable along a glacier margin, and large 
debris cones may be deposited below re-entrants or 
crevasses in the ice margin, which funnel debris, or 
debris concentrations on the surface (N. Eyles, 
1979). Rates o f debris supply are highest around the 
margins o f debris-mantled glaciers, where huge 
aprons o f scree, or lateral moraines, can be built up 
around the entire glacier tongue (Fig. 7.3b; Section 
11.3.3; Humlum, 1978; Boulton and Eyles, 1979; 
Small, 1983). Such large lateral moraines are com
mon in high mountain environments such as the 
Himalaya, High Andes and the New Zealand Alps, 
where they can become sufficiently massive to dam 
back the glacier ice, impeding further advance. 
Therefore, periods o f positive mass balance w ill 
cause the glacier to thicken, and i f  the rate o f debris 
buildup at the margin keeps pace with the rate o f 
ice thickening, the glacier can become perched 
high above the valley floor, hemmed in by its own 
moraines (Fig. 7.4a). Successive episodes o f glacier 
expansion w ill tend to terminate at the same 
moraine, so that it тал be built up on several occa
sions punctuated by non-active periods when vege
tation, including trees, can colonize the outer slope 
(Fig. 7.3b). The damming effects o f large lateral 
moraines are strikingly demonstrated when the bar
rier is breached for any reason (Fig. 7.4b). L l i
boutry 1 197” * has argued that the ‘crooked paths’ 
followed by some debris-mantled Peruvian glaciers 
reflect the breaching o f the moraine barrier by lake 
outburst floods at times o f lim ited glacier extent. 
\\Ъеп the glacier expands once more, it is able to
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(b)
Fig. 7.3 (a) Small rampart of ice-contact scree at the mar
gin of Slettmarkbreen, Norway. The rampart is 0.5 m high, 
(b) Large lateral moraine at the margin of the debris-man
tled Ghiacciaio del Miage, Italy, looking towards its accu
mulation area. Note how the glacier surface lies high above 
the valley floor, dammed by the lateral moraine. (Photos: 
D.l. Benn)

advance through the breach, but is restrained by the 
remaining moraine along the rest of its margin 
Fig. 7.5).

Substantial amounts of debris are reworked and 
iep  'ited by glacifluvial processes at some ice mar- 
r " particularly the flanks of debris-mantled glaci- 
. - ::h well-developed supraglacial and englacial 
-L inage networks iGustavson and Boothroyd, 

Braided or meandering meltstreams can 
'id im ent in trough;- in the ice surface, bury- 

*. . r.ierh ing  ice retarding ablation (Paul,

(b)

Fig. 7.4 (a) Debris-mantled glacier hemmed in by large lat
eral moraines, Huascaran-Chopicalqui massif, Cordillera 
Blanca, Peru, (b) Sequence of moraines marking the 
advance of a lobe of ice through a gap in a large latera 
moraine, Ghiacciaio del Miage, Italy. (Photos: C.M. Clapper- 
ton and D.l. Benn)

1983; D.E. Lawson, 1995). Topographic inversion 
and differential ablation can then result in the isola
tion of stagnant ice blocks, which may become com
pletely buried by outwash deposits accumulating 
around the ice margin. Eventual melting of such 
buried ice blocks leaves water-filled kettle holes in 
the outwash surface (Fig. 7.6), whereas the melt-ou: 
of larger masses of ice buried below outwash pro
duces a more irregular topography in which the areas 
between kettle holes are reduced to remnant upstand
ing ridges and mounds, which may follow the traces 
of former channels (kame and kettle topography. 
Section 11.4.3). Topographic development during the 
ablation of some ice margins is complicated by the 
emergence of sediment-choked subglacial and 
englacial conduits, forming upstanding ridges o: 
sand and gravel or eskers (Section 11.2.9; Syversor. 
eta l., 1994).

Characteristic aprons and ramps of debris form 
around the margins of some cold, polar and subpolar
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: ig. 7.5 Lliboutry's (1977) model of the development of a crooked debris-mantled glacier. (A) A large lateral moraine is 
: 'eached by the outburst of a moraine-dammed lake at a time of limited glacier extent. (B) A subsequent glacier advance is 
~jnnelled through the breach but constrained elsewhere

r g. 7.6 Kettle holes on a small outwash surface, Myrdal- 
r cull, Iceland. (Photo: N. Spedding)

- _;iers (Shaw, 1977a; D.J.A. Evans, 1989b; Fitzsi- 
r  ns, 1990). When advancing, such glaciers typi-
- - у terminate in steep ice cliffs, from which ice 
■ cks and debris topple and accumulate around the 
an -Tgin, a process known as dry calving (Figs 7.7, 7.8 
md 7.9; Sections 2.2.3.1 and 5.4.3). During the brief

-Timer ablation season, glacifluvial processes can 
iiso be important in such settings. Meltstreams 
;e?osit large amounts of sediment around the mar- 
: - - and at the foot of waterfalls that pour over the 
.. cliff. In addition, meltstreams can undercut the 
• : of the ice cliff, accelerating the dry calving 
cess.

'  3.2 Ice-cored moraines
D‘ many glaciers, debris cover is thickest very close 
l- the margin. This may be due to the combined

Fig. 7.7 Debris apron accumulating at the margin of a 
cold, subpolar glacier: Eugenie Glacier, Ellesmere Island, 
Arctic Canada. (Photo: D.J.A. Evans)

effects of several processes, including the concentra
tion of englacial debris at the surface by ablation, 
downslope movement of supraglacial debris towards 
the margin, the emergence of englacial meltstreams 
with high sediment loads, and the elevation of bas^ 
debris along submarginal shear planes (Fia. 7.1 . 
Boulton, 1970a, 1977a; P.G. Johnson. 197 f: D rv - 
dowski, 1977; Kruger, 1994; Kirkbride and Spee
ding, 1996). During the ablation season, this 
cover retards melting of the underlying :e - th.it 
ablation at the margin is slower than th_t : ~
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M ARG 
STR EAM

Fig. 7.9 Schematic diagram 
o f the processes o f debris 
accumulation around the mar
gins o f a subpolar glacier 
where there is no proglacial 
thrusting. 1: Debris bands 
cropping ou t at the surface; 2 : 
pods or augen o f debris; 3 
supraglacial debris cone; 4: 
fron ta l debris bands; 5: w ater
fa ll debris piles; 6: apron o f 
calved blocks; 7: therm oero- 
sional niches cut by lateral 
streams and associated ice- 
marginal pond. (From Evans, 
1989a)

с 7.10 Debris bands up lifted towards the surface o f a 
. : :э !а г  glacier, Ellesmere Island. (Photo: D.J.A. Evans)

к . jpglacier (Section 6.5.1). This can result in the 
■riation o f upstanding debris-covered blocks o f ice 
ш  'now known as ice-cored moraines at the ice 

gin (Fig. 7.11; 0strem, 1959, 1964; 0strem and
* Id, 1970; P.G. Johnson, 1971; Souchez, 1971; 
I  - ns and Shaw, 1981). Ice-cored moraines are
ж . gous to supraglacial dirt cones (Section 
'  5 2.2), and tend to be elongated parallel to the ice 
e . r r. reflecting the distribution o f debris on the 
v _ce. The trough between ice-cored moraines 

ж  _ :he main body o f the glacier is commonly fol- 
ю» ed by meltstreams, thus strongly influencing 
p. _-ms o f deposition and erosion. Proglacial

white ice slope black ice slope trough ice-cored alluvial end-moraine
moraine 1 fan 1 in place

Fig. 7.11 Formation o f an ice-cored moraine by d ifferentia l 
ablation at a glacier margin. (M odified from  Goldthwait, 
1971)

stream networks may also develop glacier karst 
features in ice-cored moraines (Healy, 1975; Sec
tion 6.5.4.2).

7.4 RELOCATION OF PROGLACIAL 
MATERIAL BY GLACIER ICE
Relocation o f previously deposited sediment by glac
ier ice is most important during periods o f ice margin 
advance, during either the winter months or more 
prolonged phases o f glacier expansion. A t such 
times, proglacial material may be repositioned by 
direct glacigenic processes such as squeezing, push
ing and glacitectonic disturbance. Relocation can 
also occur by squeezing o f saturated material during 
periods o f ice-margin standstill or retreat.
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7.4.1 Ice-marginal squeezing

During the ablation season, ice-marginal environ
ments are often very wet, w ith an abundance o f melt
water streams and standing water. As a result, 
ice-marginal sediments commonly have very high 
water contents and in many cases are easily liquefied 
and displaced by the processes o f squeezing and push
ing (Fig. 7.12). Pushing involves a forward movement 
by the glacier shoving the material from behind, 
whereas squeezing requires only static loading o f 
water-saturated material by the ice mass. Squeezing 
occurs in response to the pressure gradient that exists 
between sediment overlain by glacier ice and uncon
fined sediment on the glacier foreland or below low- 
pressure cavities beneath the glacier. Sediment is 
therefore squeezed out from beneath the ice margin or 
infills cavities and basal crevasses (Fig. 7.13).

-

I  *  - *

" я
SS

Fig. 7.12 Proglacial area o f Breidamerkurjokull, showing 
an abundance o f standing water. (Photo: D.l. Benn)

*3 Crevasse-squeeze ridge emerging on the surface 
5 :■ -  Iceland. (Photo: D.J.A. Evans)

Squeezing o f saturated debris into basal crevasses is 
particularly effective and widespread follow ing glac
ier surges, when large numbers o f crevasses open ur 
and sediment is displaced vertically, often emerging 
on the glacier surface (Sharp, 1985a).

Extrusion o f sediment from below glacier margin- 
creates moraine ridges which mimic all the indenta
tions o f the ice margin (Price, 1970; Worsley, 1974 
It has been suggested by Worsley (1974) that sever, 
independent squeeze ridges may be produced dun- , 
one melt season owing to variability in the degree at 
saturation brought about by changing climatic cor_:- 
tions. In a study o f moraines on Baffin Isla- 1  
Andrews and Smithson (1966) suggested that ibe 
arrival o f summer meltwater at the glacier sole is crs- 
ical to the production o f squeezed ice-marginal seaj- 
ments. This meltwater may reach the ice base r |  
during an advanced stage o f the ablation season n 
such Arctic locations.

Squeezing often does not occur in isolation, аз с 
debris is commonly subject to relocation and rev 
ing by several processes. A  combination o f squeez • 
and pushing has often been observed, be.. _ с 
glaciers w ill maintain some forward motion dumgj 
the early part o f the ablation period when subgl- i  
sediments are becoming saturated by meli - I  
(Sharp, 1984). Similar complexity is repone_ в» 
Rogerson and Batterson (1982) from British С .ш  
bia, Canada. These authors document the х .„ -ш  
ing o f subglacial sediment into supragL. .Щ  
dumped end moraines partially overlying thin g . ж  
snouts.

7.4.2 Ice pushing
Ice pushing is simply the bulldozing o f water- 
ice-marginal sediment by an advancing glacir- • «а 
It is distinct from glacitectonic thrusting. л  * 
principally the result o f large static loads ben.. t ж  
immediately in front o f ice margins (Secti г 
Pushing affects sediment that accumulates a: s ш  
margins by several processes including с _ и |И  
squeezing and glacifluvial deposition (Sharr - M  
Sediment deposited during major glacier ac a  
usually overridden and enters the subglac:_ _ - ■ 
ment, so that ice-marginal pushing is gener_ » 
important during winter readvances b\ . j  
undergoing overall retreat. In such situatii r 
o f annual push moraines is produced 
11.3.2.1; Fig. 7.14 (Plate 17)). Hewitt I
shown how push moraine formation at the r 'pm 
Biafo Glacier in the Karakoram Himala\_ - лац 
an annual cycle o f ice margin behaviour .~щ  
summer ablation season, debris slumping : ~ :-« 
surface builds up in aprons and fans с : 
along the margin. When ablation ceases ir  : : «М 
the glacier readvances and pushes and pa-  . B*
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ides the aprons. Forward movement o f the glacier 
versteepens the distal slopes o f the aprons, which 

-re then regraded by the downslope movement o f 
:ebris. The lower, inner parts o f the aprons are over
ridden by the glacier, forming a thickening wedge o f 
ill beneath the margin.

In some cases, bulldozing o f proglacial sediments 
ccurs in association w ith snowdrifts built up in the 

. oncavity in front o f the ice margin (Birnie, 1977). 
~he stresses imposed by the motion o f the glacier can 
e transmitted through the snowbank, affecting 

rroglacial sediments up to several metres in front o f 
ne glacier. Any moraines created by this process w ill 

~iark not the position o f the ice margin proper, but 
ne former lim it o f the snowbank. Alternatively, the 
unction between the ice edge and the snowbank may 

~uckle upwards, causing sediment to be pushed up 
■'etween the two.

7.4.3 Proglacial glacitectonics
The large-scale tectonic disturbance and dislocation 
f  unconsolidated sediments and weak rocks by glac

ier advances has been acknowledged for more than a 
. entury, and large-scale landforms ascribed to glaci- 
:ectonic processes are widespread in formerly 
glaciated terrain. It is now widely acknowledged by 
glacial geologists and geomorphologists that glaciers 
affect the landscape through deformation as well as 
".rough erosion and deposition. Subglacial deforma

tion is reviewed in Section 5.6. This section deals
■ ith the theory o f ice-marginal (proglacial and sub- 
narginal) glacitectonic mechanisms and processes,
; hereas the structures and landforms created by 
glacitectonic processes are reviewed in Section
11.3.1.

7.4.3.1 THE MECHANICS OF GLACITECTONISM

Proglacial glacitectonics refers to the large-scale dis
placement o f proglacial materials due to stresses 
mposed by glacier ice, and involves ductile or brittle 
deformation or a combination o f the two (Fig. 7.15; 
Aber et al., 1989; Hart and Boulton, 1991). Ductile 
deformation involves the production o f large open 
r'olds in the sediments or rocks in front o f an advanc
ing glacier, which may develop into overfolds or 
negin to undergo internal thrusting owing to contin
ued ice advance. In contrast, brittle deformation 
involves the thrusting o f semi-coherent blocks along 
discrete planes o f failure. In both cases the lower 
imit o f deformation is usually marked by a basal 

failure plane or plane of decollement, which often 
coincides with a sedimentary discontinuity or bed
ding plane. Although all materials are capable o f 
undergoing both ductile and brittle failure according 
to variations in the applied stress, temperature, strain

Fig. 7.15 Active proglacial thrusting. Axel Heiberg Island. 
(Photo: J. England)

rate and porewater pressure, glacitectonic disruption 
o f frozen sediments appears to be dominated by brit
tle failure (e.g. Kalin, 1971; Klassen, 1982; D.J.A. 
Evans and England, 1991). The compression o f 
proglacial materials by glacitectonic deformation is 
very similar to the processes which occur during 
continental collision and mountain-building (Croot, 
1987; Aber, 1988a). Indeed, proglacial glacitectonic 
landforms can be regarded as scale models o f moun
tain chains, and can be studied using well-founded 
principles o f structural geology (see Twiss and 
Moores, 1992).

Proglacial glacitectonic deformation can be 
responsible for the formation o f large thrust moraine 
complexes standing many tens o f metres above the 
surrounding terrain (Section 11.3.1.2). The elevation 
o f such large thrust masses depends upon a number 
o f factors, the most important o f which are low- 
strength proglacial sediments and high glacially 
imposed stresses. Sediment strength is dependent 
upon grain size and sorting, the existence o f potential 
planes o f failure, and porewater pressures. High 
porewater pressures result from subglacial drainage 
through inefficient distributed systems, such as pore
water flow (Section 3.4), and can be further encour
aged by the existence o f proglacial permafrost, 
which acts to confine pressurized porewater in under
lying unfrozen aquifers (Mathews and Mackay, 
1960). The presence o f weakened sediments, how
ever, is not a sufficient condition for proglacial glaci
tectonic deformation, which also requires stresses 
large enough to elevate large masses o f sediment 
above the glacier margin. It is clear that in most situ
ations the shear stresses beneath glacier margins are 
too low to produce the observed deformation. The 
solution to this problem was developed by Rotnicki 
(1976). van der Wateren (1985) and Aber et al. 
(1989). and is known as the gravity spreading model. 
According to this model, proglacial sediment failure 
results from the translation o f the weight o f the
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glacier into lateral stresses, which push sediment 
wedges away from the load and then upward from 
their original position. The stress field producing a 
thrust block is therefore the product o f the total 
weight o f the ice mass and older thrust blocks.

The development o f lateral stresses near a sloping 
ice margin is illustrated in Fig. 7.16. A t any point 
below the glacier, the downward-oriented stress pro
duced by the static weight o f the ice column (the nor
mal stress or glaciostatic stress) is calculated using 
equation (4.3):

= P igh
where p,- is the density o f the ice, g is gravitational 
acceleration (9.81 m s” ), and h is the ice thickness 
(m). з

Since p, is c. 900 kg m ' and gravitational acceler
ation is 9.81 m s , equation (4.3) reduces to:

az = 8829h (7.2)

For h = 100 m, the normal stress would be c. 
882,900 Pa or 882.9 kPa. Thus, for even moderate 
ice thicknesses, the glaciostatic stress far exceeds 
like ly basal shear stresses, which usually lie in the 
region o f 50-100 kPa.

Part o f the glaciostatic stress is transferred to a 
horizontal stress, because o f the tendency o f sub
glacial materials to bulge outwards and press later
ally against neighbouring particles in response to the 
load imposed by the overlying ice and sediment. The 
magnitude o f the horizontal stress (<j  J  fo r any given 
glaciostatic stress (ex) depends on the material prop
erties, and is calculated using Poisson’s ratio, u:

a, = (ист.)/ 1 -  и (7.3a i

Since Poisson’s ratio is close to 0.2 for many uncon
solidated sediments, the horizontal component o f the 
glaciostatic stress can be approximated as

ax = 2200h (7.3b

Because the glaciostatic pressure is dictated by ic . 
thickness, the horizontal component (ctJ decreases :r 
magnitude from the centre o f the ice mass towar, 
the ice margin, producing a lateral pressure gradie'- 
in the substatum (Fig. 7.16; Rotniki, 1976; van de- 
Wateren, 1985; Aber et al., 1989). This lateral pre 
sure gradient between two points is given by:

-  dv2 = 2200№| -  h2) (~ -
The horizontal stress differences are cumulative: thal 
is, the stress difference over a given interval is pasvej 
on and added to the stress difference o f the r.L . 
resulting in a maximum horizontal compres> j 
stress beneath the margin (Fig. 7.16; Aber et .:L 
1989). To this stress must be added the basal >’r .;. r 
stress or glaciodynamic stress. Together, the gla, i>  
static and glaciodynamic stresses constitute the ir  Ш  
important components o f the total glacitect - : 
stress.

Failure w ill take place along a potential fa: ж  
plane when the applied stress, in this case the t flj 
glacitectonic stress, equals or exceeds the she.- - щ  
resistance (Hubbert and Rubey, 1959; Aber e: . 
1989). Failure conditions can be expressed using J r  
fam iliar Coulomb equation (equations (4.6). -  Щ  
and (6.3)), and failure w ill occur when:

Fig. 7.16 The g ; -чг
in normal stress -  ж  и  
glacier margin, . - : o p  
to  a net h o rizo r:; з т г  
pressive stress _ ■; 
below the ice е э ш  
(From Aber et а 'ЗИ1 
Reproduced b. 
sion o f Kluwer)
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CTgt > c + (p; -  P j  tan ер;

■ here <jgt is the total glacitectonic stress, p, is the ice 
verburden pressure, Pw is the porewater pressure,

. is cohesion, and tan (p; is the angle o f internal 
riction.

It can easily be seen that, where the cohesion is 
“nail, failure is most like ly where Pw is large: as the 

porewater pressure approaches the overburden pres- 
' -ire, the stress required for the initiation o f thrusting 
-pproaches zero. According to Aber et al. (1989), 
:his situation arises either through the compaction o f 
:mpermeable strata and the restriction o f water 
escape routes, or through the transmission o f water 
-.nder pressure into a confined aquifer. In a homoge- 
reous material, thrust faults normally develop at an 
-ngle o f 30° to the horizontal, because their internal 
~igle o f friction lies around that value (Kulhawy,
’ 975). However, low-angle or subhorizontal thrust 
faults w ill exploit pre-existing weaknesses in the 
'iibstratum such as bedding planes, lithological 
'  3undaries, incompetent strata and permafrost
■ 'undaries. Steeper thrust fault angles (> 30°) occur- 
~ng in coarse-grained materials such as gravels attest 
: i the existence o f permafrost, because greater sub- 
-:rate rig id ity is required to enable the development
f  such steep thrust fault angles. Movement o f mate- 

~.al along thrust planes due to gravity spreading 
results in the elevation o f thrust blocks in front o f the 
g'.acier margin (Fig. 7.17).

In addition to gravity spreading, two other mecha- 
-sms may contribute to the development o f thrust 
stems (Aber et al., 1989; Price and Cosgrove, 

^90). First, gravity gliding or gravity sliding 
nvolves the deformation o f sediment blocks as they 

move downslope under their own weight. This 
squires the uplifting o f the ice-proximal zone by 
gravity spreading to produce a slope upon which 
? locks can slide. Second, compression or push-from- 
:hind may occur by the direct shoving o f sediment 
edges by the forward movement o f the glacier. In 

'rality, gravity spreading, gravity gliding and com- 
rression can act in unison in proglacial settings.

The likelihood o f glacitectonic disturbance is die
te d  by various factors, the most important o f which 
-re as follows (Fig. 7.18; Aber et al., 1989):

. Slope of the proglacial area. The presence o f 
reverse slopes at the glacier margin, where ice 
advances against a topographic obstacle, increases 
the likelihood o f proglacial glacitectonics 
(Bluemle and Clayton, 1984).

1 Presence of weak layers in the substratum. Failure 
is encouraged by weak layers which form poten
tial decollement planes, and is most like ly where 
such layers occur w ith a favourable orientation 
and at a suitable depth.

3. The nature of ice—sediment contact in the 
proglacial area. Where glaciers are partially 
buried by the proglacial sediments, any advance 
w ill act to drive a wedge o f ice into the strata. This 
mechanism is thought to be responsible for the 
production o f thrust blocks with sedimentary beds 
dipping away from rather than back towards the 
glacier snout in some Canadian Arctic thrust block 
moraines (D.J.A. Evans and England. 1991).

4. Subglacial and proglacial drainage. As noted 
above, failure is encouraged by high porewater 
pressures in proglacial and submarginal sediments 
and rocks. High water pressures can arise i f  
impermeable sediments or permafrost occur at the 
glacier margin, both o f which impede drainage 
and increase porewater pressures in underlying 
aquifers (Mathews and Mackay, 1960; Mackay 
and Mathews, 1964; Aber et al., 1989). High 
proglacial and submarginal porewater pressures 
are also generated during glacier surges, when 
large amounts o f water are discharged through 
distributed drainage systems (Section 4.8.2; 
Sharp, 1985b; Croot, 1988b; Mooers, 1990a). 
Surging also causes transient high water pressures 
by rapid loading by glacier ice. Although the pres
ence o f permafrost at glacier margins and glacier 
surging are conducive to proglacial tectonic dis
turbance, neither is a necessary condition, and 
thrusting can occur in other settings.

A  distinct type o f glacitectonic process has been 
described by Kruger (1993, 1994) on the basis of 
observations at the margin o f Slettjokull, Iceland. 
During winter, the penetration o f a ‘cold wave’ from 
the surface causes a slab o f basal t ill to be frozen on 
to the glacier sole. This slab is carried forward by 
the winter readvance o f the glacier, whereupon it 
shears over the proglacial sediments, forming a 
small ridge (Fig. 7.19). The glacier melts back dur
ing the summer until the return o f cold winter tem
peratures initiates another episode o f freezing on 
and thrusting. Successive increments added to the 
proglacial ridge each year result in a moraine mor
phologically similar to. but genetically distinct 
from, conventional push moraines. A  variation on 
this process has been described by Matthews et al. 
(1995) for the margin o f a cirque glacier in Norway 
(Section 11.3.1.2).

7.4.3.2 GLACITECTONIC DEFORMATION

The shortening o f proglacial sediments and rocks 
during glacitectonic deformation results in complex 
geological structures analogous in many ways to 
thrust fold belts at the collision points o f drifting con
tinents. and can be explained using the principles o f 
structural geology (e.g. Bally et al., 1966; Perry et



17 Sequential development of glacitectonic thrusting, based on a thrust moraine in front of EyjabakkajokuT 
intension and excavation beneath the margin, and compression and ridge construction on the foreland. (Fro 

: 5croduced by permission of Balkema)
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Fig. 7.19 Model for thrust moraine formation at the mar
gin of Slettjokull, Iceland. (1) Glacier; (2) basal till; (3) mass 
movement deposits; (4) outwash deposits; (5) thrust plane; 
(6) annual moraine. (From Kruger, 1993. Reproduced by per
mission of Scandinavian Academic Press)

fore consist of a stack of horses bounded by a roof 
thrust and a floor thrust (Fig. 7.20e). Other common 
structures in glacitectonized sediments are back 
thrusts, which indicate a displacement in the oppo
site direction to the main thrust due to layer-parallel 
compression (Fig. 7.20f). Back thrusts will combine 
with frontal ramps to produce an uplifted hanging 
wall block called a pop-up, and may also truncate 
older thrust faults to produce triangle zones (Fig. 
7.20g). Other types of faulting produced by com
pression in the proglacial zone are anastomosing and 
conjugate or Riedel shear patterns. These failures are 
characterized by two sets of similar faults w hich 
cross-cut each other at a consistent angle.

Ductile deformation during glacitectonic compres- 
sion and shortening results in a wide range с f : a 
types, depending on the magnitude and orier.:..:: r. : 
the applied stresses and the strain re>r : the 
sediments. Folds range from long-wa\ e'er.;:h or 
open folds to isoclinal or recumbent (nappe) folds. 
Other fold types include chevron, sheaih. kink-band,

w eak/incom peten t
layer

1984; Siddans, 1984; Aber, 1988a; Aber et al., 
1 989; Pedersen, 1993).

Subhorizontal substrata affected by glacitectonic 
compression will often dislocate along low-angle 
failure planes called thrust or overthrust faults (low- 
angle reverse faults), which separate the overriding 
:anging w all and the overridden footwall. Such 
faults normally produce a ‘staircase’ pattern whereby 
ne sole thrust climbs .up through the strata, produc- 
ng flats and ramps', flats are the subhorizontal parts 
f the thrust plane, whereas ramps are the parts that 

. at up through the strata at angles of around 30° (Fig. 
” .20). Continued compression by glacier advance 

ill result in the development of multiple thrust 
'equences. These may involve either piggyback 
''misting, where new thrusts develop in the footwall, 
г overstep thrusting, where new thrusts develop in 

:ne hanging wall (i.e. they develop in sequence either 
forwards or backwards from the initial thrust; Figs 
'.20c and 7.20d). Studies of glacitectonic structures 
by Rotnicki (1976) and van der Wateren (1985) sug
gest that piggyback thrusting is most common in 
rroglacial deformation. More complex thrust masses 
are produced where thrust slices or sheets (horses) 
are imbricately stacked as a duplex. Duplexes there

Depth to w eak  layer

overrid ing

*ig. 7.18 Factors considered to be important in governing 
:ne style of glacitectonic deformation. (From Aber et al., 
"989. Reproduced by permission of Kluwer)
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cig. 7.20 Large-scale structures typically found in thrust 
zores: (A) shape of thrust surface with ramps and flats; (B) 
-argingv.all geometry; (C) piggyback thrust sequence; (D) 
:.  i~ "- js t step sequence; (E) duplex-imbricate thrust slices 
-.z'-.z "52 between a floor thrust and a roof thrust; (F) pop- 

г/^-ure formed by backthrusting; (G) triangle zone 
— e: : . :  = :<:"rusting; (H) anastomosing jointing; (I) con- 

'5_ : ~g . ramp thrusting with distorted bedding 
r -.'5 *: :т.'. = -это. (Modified from Park, 1983, and Ped

ersen, 1993

box and p henna] folds (Fig. 7.21). Complexities 
may arise where different sedimentary layers 
respond differently to stress and produce dishar- 
monic folds, in w hich the fold wavelengths of some 
la\ers are smaller than tho>e of others. Studies of the 
three-dimensional form o f slacitectonic folds reveal

that fold profiles typically vary along the fold axis 
(i.e. they are non-cylindroidal). Common examples 
of non-cylindroidal folds are periclines, domes and 
basins (Fig. 7.21). Domes are simply anticlinal struc
tures which plunge at similar angles in all directions, 
whereas structural basins are produced where strata 
dip inwards in all directions. Periclines are elongated 
domes which are often aligned in an en echelon fash
ion as a result of compression. Where strata have 
undergone complex deformation histories, some 
folds may be superimposed on pre-existing folds. 
This may involve two separate phases of deforma
tion, or may simply indicate shortening in more than 
one principal strain direction (Fig. 7.22; Ramsay, 
1967).

Structures resulting from compressional deforma
tion have been produced experimentally by 
Mulugeta and Koyi (1987), who subjected sand lay
ers to 40 per cent shortening in a squeeze-box (Fig. 
7.23). The resulting thrust mass was composed of 
three deformation domains which in order of forma
tion are:

1. Distal domain. This consists of low-angle thrust 
faults demarcating thrust blocks with overturned 
drag folds, extension fractures and slumps. Note 
also the development of a sheath fold and 
thrust faults at the base of the outermost thrust 
block.

2. Intermediate domain. Thrust blocks are rotated 
into steeper positions, and thrust faults develop 
into concave-upward listric forms. Back-kinking 
also develops in the upper portions of the thrust 
blocks.

3. Proximal domain. The thrust blocks become ver
tically oriented and laterally compacted. The lat
eral compaction or shortening of the thrust mass 
results in the development of back thrusts and 
kink zones, which is in turn associated with 
underthrusting and thickening of the proximal 
zone.

These deformation domains can be recognized in 
proglacially thrust sediments (Humlum, 1985b; 
Eybergen, 1987; Croot, 1988b; Boulton et al., 1989). 
Figure 7.17 illustrates the sequential formation of 
thrust slices outward from the margin of Eyjabakka- 
jokull, Iceland, and the progressive tilting of the old
est units (Croot, 1988b). Several examples of the 
internal structure of thrust moraines are described in 
Section 11.3.1.2.

Continued glacier advance over the top of thrust- 
block moraines results in the superimposition of sub
glacial deformation on proglacial tectonic structures 
(Section 4.4) and streamlining (see Sections 11.3.1.3 
and 12.4.3). A two-phase model of glacitectonism 
was proposed by Aber (1982) in which the proglacial 
thrusting and stacking of substrata are followed by
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Fig. 7.21 Definitions of the 
various fold types that may 
be found in glactectonized 
sediment sequences

glacial overriding. In this case, subglacial deforma- 
::on takes over from proglacial deformation once the 
: >tal energy consumed by the thrust mass equals the 
maximum amount that can be produced in the gradi
ent stress field (van der Wateren, 1985), and the ice 
riows around the obstacle.

The expulsion of groundwater during glacitecton- 
'ГП is thought to be important in the development of 

some thrust systems. The migration of groundwater 
curing thrusting is analogous to fluid and hydrocar
bon migration into mid-continent regions during 
continental collisions (e.g. Oliver, 1986), when the 
construction of large thrust sheets results in the 
migration of fluids away from the disturbed strata. 
During glacitectonic thrusting, water is forced to

flow along decollement planes, w here it facilitates 
further displacement, and into aquifers. This water 
may be expelled at the surface in springs or even 
blow-outs if aquifers are pressurized (Fig. 7.24; 
Christiansen et al.. 1982: Bluemle. 1993). The pat
terns of groundwater flow beneath and in the mar
ginal zones of ice sheets w ere modelled by Boulton et 
al. (1995) and Boulton and Caban (1995). w ho sug
gested that the aquifers beneath the Scandinavian ice 
sheet possessed a transmissivity capable of draining 
all the subglacial meltwater. Where confined aquifers 
become overpressurized owing to the presence of 
glacier ice. groundwater and liquefied sediment may 
burst through proglacial sediments, especially in 
areas of discontinuous permafrost, to produce large-
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Fig. 7.22 Examples of superposition of two separate deformation events. Note that F, and F2 in each case (a) refer to the 
fold patterns produced by the two separate deformation events. The superposition produces the complex patterns in eacf 
(b). (From Price and Cosgrove, 1990. Reproduced by permission of Cambridge University Press)

Fig.7.23 Anexampleofpcc ■ 
back-style thrusting, shov. -: 
deformation of stratified S3* : 
after it was subjected to ~:i 
per cent shortening in 
squeeze box: (1) initiation : 
thrust; (2) thrust fault' |3| 
slump zone; (4) exte^; : 
fractures; (5) back kink f :  : 
(6) backthrust zone. F- 
Mulugeta and Koyi, 
Reprinted by permission c* 
Geological Society of Arre' Ж

Back kink-zone 
in domain с

Back-kinking above a 
concave-upward listric 

, thrust in domain b

b
Domain of rotation and 
listric steepening of 
thrust sheets

Immature sheath fold 
in domain a

□__________
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strong lateral compaction. 
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scale dewatering structures or extrusion moraines 
(Section 12.3.5).

7.5 GLACIERS AND PERMAFROST
? ermafrost is defined as ground in which the tem- 
rer-iture remains below 0°C for at least two con- 

e \ ears, and is wide spread in Arctic Canada 
aad Eurasia, and in some high mountain environ

ments (Ballantyne and Harris, 1994). At depth t 
ground remains permanently frozen, but se„- i 
melting occurs in a zone close to the s l_ ли 
known as the active layer. Permanently low t. n- 
peratures at depth allow the survival of buried ~ 
ier and ground ice for long periods where\;- ж  
debris overburden exceeds the active layer Ju  
ness. This gives rise to distinctive forms in . Ш 
regions formerly occupied by glaciers, inclLOĵ d 
rock glaciers and buried glacier ice. Both - л  
glaciers and buried ice, however, can be for:: _. m
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Active glacier

Stagnant ice
thrusting

ft Location of 
clastic plug 

^Groundwater--? Glacial sediment and shale

Fig. 7.24 A generalized and hypothetical cross-section through proglacial sediments during glacier advance, showing 
groundwater flow paths in subglacial and proglacial zones. This is the situation envisaged for the production of the Howe 
-ake blow-out feature in North Dakota. (From Bluemle, 1993. Reprinted by permission of the University of Regina)
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non-glacial processes, and their interpretation is 
often somewhat controversial.

7.5.1 Rock glaciers
Rock glaciers are tongue-like or lobate masses of 
angular debris that resemble small glaciers, and 
which move downslope as a consequence of the 
deformation of internal ice or frozen sediments. They 
commonly have ridges, furrows and sometimes lobes 
on their surfaces, and have steep fronts down which 
-urficial debris slides and tumbles, to be overridden 
by the advancing mass upslope (Fig. 7.25; Potter, 
1972; Washburn, 1979; Ballantyne and Harris, 
1994). Rock glaciers are among the most enigmatic 
forms produced in cold environments, and have 
inspired a wide range of conflicting views on their 
formation. Excellent reviews of rock glacier form, 
distribution, genesis and nomenclature are provided 
by Martin and Whalley (1987a), Whalley and Martin 
1992) and Hamilton and Whalley (1995).
Several morphological and genetic classifications 

for rock glaciers have been proposed, and many con
flicting descriptive terms are in use (e.g. Wahrhaftig 
and Cox, 1959; Outcalt and Benedict, 1965; Hum- 
lum, 1982; Ballantyne, 1984). Here we adopt a sim
ple twofold genetic classification. First, periglacial 
rock glaciers (also known as talus-derived, talus-foot 
and protalus rock glaciers) originate by the deforma
tion of the lower parts of talus slopes, forming a 
bulging lobe at the base (Fig. 7.26). They are there
fore purely periglacial phenomena that do not 
involve the presence of glacier ice. Second, glacial 
rock glaciers form by the progressive burial and 
deformation of a core of glacier ice by a thick, boul- 
dery debris mantle (Fig. 7.27; P.G. Johnson, 1980a, 
b: Barsch, 1987; Giardino and Vitek, 1988). Some 
researchers prefer to use the term ‘rock glacier" 
exclusively to refer to periglacial phenomena, and

Fig. 7.25 Rock glacier at 4500 m in the Milang Valley, Lahul 
Himalaya, India. (Photo: D.l. Benn)

consider forms with cores of glacier ice to be debris- 
covered glaciers, and by definition not rock glaciers 
(e.g. Barsch, 1973, 1987; Haeberli. 1985). However, 
this disagreement is simply terminological, and the 
fact remains that similar deforming masses of rocky 
debris do evolve by both periglacial processes and 
the burial of glacier ice. and exposures of glacier ice 
have been reported from several rock glaciers (e.g. 
Lliboutry, 1953. 1955: Outcalt and Benedict, 1965; 
Potter, 1972; Benedict. 1973b: N. Eyles, 1978; Jack
son and MacDonald. 1980: Whalley, 1983; Martin 
and Whalley. 1987b: D.J.A. Evans, 1993). Thus, rock 
glaciers may constitute prime examples of equifinal- 
ity, wherein very similar features are produced by 
different processes iFia. 7.28; Whalley and Martin, 
1992).

Glacial rock glaciers commonly form in cirque 
basins where abundant debris is delivered to glacier 
surfaces by periglacial slope processes and the melt- 
out of englacial debris (Griffey and Whalley, 1979; 
Mayewski and Hassinger, 1980; Birnie and Thom, 
1982: -WhaHey, 1983; Gordon and Bimie. 1986; P.G.
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Fig. 7.26 Skin flow model of periglacial rock glacier for
mation. (From P.G. Johnson, 1984b. Reprinted by permission 
of the Association of American Geographers)

Johnson, 1987). The existence of permafrost is not 
essential (Martin and Whalley, 1987a). Debris will 
accumulate if it is delivered to the glacier surface 
more rapidly than it is advected away by glacier flow, 
so that rock glacier formation is favoured by low ice 
velocities and rapid debris accumulation rates. Such 
conditions are most likely for glaciers in an advanced 
stage of retreat, particularly those surrounded by 
high cirque headwalls. Eventually a point is reached 
where the stresses imposed by the weight and surface 
'lope of the debris overburden are sufficient to cause 
reformation of the ice core, and the whole mass
- .-gins to creep downslope. It is sometimes assumed 

the ice core is stagnant prior to renewed defor- 
n. but there appears to be no reason why this 

~ ->e the case.

Using the glacier ice flow law and assuming r. 
basal sliding, Whalley and Martin (1992) showed th_a 
thin glacier snouts with low surface slope angles w: I 
flow very slowly (typically < 1.0 m yr ), and on-ii 
ice thickness drops below approximately 30 m. r. 
movement occurs at all (Fig. 7.29). Available data * 
rock glacier velocities appear to fit this theoretic. 
rule and therefore satisfy a glacier ice core hypoth. 
sis in that wasting snouts are usually thin and posse'? 
low surface slopes. Anomalies occur wherever root 
glaciers rest on steep slopes or where thickness' 
exceed 30 m.

The sequence of events leading to the formation f 
glacial rock glaciers has been summarized by Wh. - 
ley and Martin (1992) as follows:

1. A thin, wasting glacier snout is protected fr. - 
melting by a rock debris cover.

2. The debris is derived from easily weather:, 
bedrock cliffs which discharge talus directly on 1» 
the glacier surface.

3. The thin ice body flows at a slow rate which ■ 
predictable by glacier flow theory. Surface vekc - 
ties are reduced over time, because the glacier :.; 
thins as it flows and ablates.

4. The balance of debris supply to ice supply is ciid 
ical to rock glacier formation.

5. Sliding rates are low or zero, even when ice is г ;_г 
the pressure melting point. If temperatures •_ 1 
below 0°C, then flow rates decrease even furth. -

Finally, a variant of glacial rock glaciers form' - * 
the deformation of ice-cored moraines in rece 
deglaciated terrain, where stagnant blocks of rr. 
ginal glacier ice are buried by slope deposits be: nr 
they can melt out (Section 7.3.2; Barsch, 1971 . .. 
cored moraines develop into rock glaciers as the : 
tected ice core begins to flow internally under :• : 
stresses imposed by the debris overburden (M e", 
and Zurbuchen, 1968; Vere and Matthews, 19'5 , 
Such features have been referred to as rock glat ra
ized moraines in the Canadian Arctic (Dyke e: j£_ 
1982a; Dyke, 1990a; D.J.A. Evans, 1993), and * 
develop as a result of interstitial ice formation a> . ; 
as by the flow of buried glacier ice.

7.5.2 Buried glacier ice
Massive subsurface ice bodies exist in perm_:-:«e 
regions, and have traditionally been explained b> re  
growth in situ of ice lenses within the soil, as а ге-ля 
of ice segregation and injection. Essentially, seer, i . ■ 
tion ice is formed by soilwater migration toward- . 
advancing freezing front, creating lenses up to 1 в 
or more thick, and injection or intrusive ice is forn ..: 
by the accumulation and freezing of pressur : :  
water during permafrost aggradation (Mackay. >"1:
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Fig. 7.27 A model 
of rock glacier for
mation from the 
progressive burial of 
glacier ice. (Modified 
from Domaradzki, 
1951)
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-g. 7.28 The classification of rock glaciers according to morphology. (From Humlum, 1982. Reproduced by permission of 
~ e  Norsk Geografisk Tidsskrift)

5_llantyne and Harris, 1994). The occurrence of 
_ssive ground ice bodies in formerly glaciated ter- 

"_.ns and former ice-marginal areas has been used to 
-ggest that they may be related either directly or 
"directly to glaciation (Mackay, 1973; Mackay et 

. 1979; St Onge, 1994). For example, ground ice 
n Banks Island and the Mackenzie Delta, Canada, 
ccurs near the outer limits of previous glaciations,

and this was regarded by Rampton (1974,1988), Harry 
et al. (19881 and French and Harry (1990) as rather 
more than a coincidence. Both in this region of the 
western Canadian Arctic and in Siberia (Astakhov 
and Isayeva, 1988), there is a growing tendency to 
interpret some massive ground ice bodies as buried 
glacier ice, protected during deglaciation by a debris 
overburden which exceeds the active layer thickness.
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Fig, 7.29 Graph plotting rock glacier thickness (h) against 
upper surface slope (a ).  Dashed lines separate three surface 
velocities (u), the low-velocity band differentiating 
between inactive and active rock glaciers (note that those 
on steep slopes plot with anomalously high values). (From 
Whalley and Martin, 1992)

The very fact that some ground ice bodies occur in 
moraines or beneath areas of thick glacigenic sedi
ment in regions of continuous permafrost suggests a 
strong possibility that they originated as glacier ice. 
This can be verified by detailed analysis of the ice 
bodies (French and Harry, 1990). The stratigraphy 
and crystallography of ground ice bodies provide a 
large amount of information on the origins of the ice. 
However, because glacier ice may have experienced 
numerous thawing and refreezing episodes during its 
formation and deformation, it may share many attrib
utes with segregated or injection ice. This makes 
their differentiation difficult if not impossible in 
some locations. Diagnostic criteria for differenti
ating buried glacier ice and periglacial ground ice 
are outlined by French and Harry (1990) as: (a) 
ice-sediment contacts, which should be conformable 
in segregated ice but erosional in glacier ice 
sequences; (b) water/ice quality, which may change 
rr gressively with depth in segregated ice and trend 
: awards and upwards into the enclosing sedi- 

but would show no such trends in buried glac- 
.■ .e: c) air bubbles, which occur in trains 

' g downwards from the upper soil-ice con-
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Clay and silt 
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Fig. 7.30 Model of segregation ice development r  
ation with glaciers, based on the Tuktoyaktuk Coar 
NWT, Canada. (From Rampton, 1988. Reproducec : 
mission of the Geological Survey of Canada)
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su~ :n segregation ice and indicate downward freez- 
_ - bubble type and distribution are far more vari-

* ~ - in glacier ice; and (d) mineral inclusions, which
i  'egregation ice are composed of soil from the 
p  ne source of origin and in glacier ice are highly 
*-' _:ble in composition. In addition, buried glacier
: - may contain debris bands, striated pebbles,

*  cnsely folded folia and strong ice-crystal orienta-
* indicative of ice that has undergone high cumu- 
. \ г strains.

л model which advocates ground ice growth 
itr ugh the indirect influence of nearby glaciers is 

of Rampton (1974, 1988). He suggests that 
"  _nd ice bodies are created during deglaciation
■ owing to the hydraulic gradient produced by 
it. glacier overburden pressure, large amounts of 
т . water are driven beyond the glacier snout (Fig.

. Permafrost degradation down to several him 
metres occurs beneath the ice sheet in Ramp- 

»: ' > model, thus providing the aquifer for 
. ■ undwater movement to the glacier margin. Defor- 
” -::on of other segregated ice bodies takes place at 
r r same time as a result of glacier overriding, pro- 
-.-ing folded bands of mineral inclusions. French
ii  ̂Harry (1990) suggested a variant on this model,
■ ;.hich permafrost degradation takes place only in 
'. uppermost layer, which then becomes saturated

*  :h meltwater under the glacier-imposed hydraulic 
-•-iient. Permafrost aggradation within the upper 
. ers then produces segregation ice lenses which are
- raposed with glacially deformed (pre-glacier 
.. ance) segregation ice and remnant buried glacier

. The debris-rich basal glacier ice has high preser- 
.::on potential in permafrost terrain because the 
~ mating effect of supraglacial debris protects it
■ ti summer melting.
3uried glacier ice has been reported by D.J.A. 

vans and England (1993) from terrain that was 
-. glaciated some 10,000 years ago in the Canadian
- gh Arctic. Remarkably old buried glacier ice has 
'crn reported by Sugden et al. (1995) from Antarc
tic - where radiometric dating techniques indicate an 
ige of approximately 8 Myr!

7.6 PARAGLACIAL ACTIVITY
7.6.1 The paraglacial period

Vs glaciers retreat back from an area, newly 
---glaciated terrain is commonly subject to rapid 
. '̂ nge as fluvial, slope and aeolian systems relax 

. ards non-glacial equilibrium states. The term
- raglacial was introduced by Ryder (1971a, b) and 
-:er defined by Church and Ryder (1972) to encom- 

■_>s 'nonglacial processes that are directly condi

tioned by glaciation’, characteristic of recently 
deglaciated environments. These processes, however, 
are not unique to such environments, and it is per
haps more useful to use the term ‘paraglacial’ to refer 
to the period of rapid environmental readjustment 
following glacier retreat (Church and Ryder, 1972; 
N. Eyles and Kocsis, 1988). Paraglacial activity is 
distinct from periglacial processes, which are char
acteristic . of all cold, non-glacial environments, 
regardless of whether glacier ice is or was present in 
the catchment (Ballantyne and Harris, 1994).

The paraglacial period is characterized by high 
rates of sediment delivery from slopes and into flu
vial and aeolian systems. This period of rapid 
response is triggered by the instability of unconsoli
dated glacigenic sediments (e.g. in lateral moraines 
and kame terraces) and oversteepened rock slopes 
once their support of glacier ice is removed. Sedi
ment yields and denudation rates are highest imme
diately following deglaciation, then decline through 
time as sediment supply becomes exhausted and 
slopes relax towards more stable profiles (Fig. 7.31; 
Church and Slaymaker, 1989; Ballantyne and Benn, 
1994b, 1996). The paraglacial period theoretically 
ends once sediment yields drop to rates typical of 
unglaciated catchments, although whether or not a 
landscape really fully adjusts following a glacial 
phase is difficult to ascertain. Certainly, delayed 
slope responses can occur many thousands of years 
after deglaciation (Ballantyne and Benn, 1996).

The concept of the paraglacial period was devel
oped from sediment yields reconstructed from valley 
floor fans in North America, many of which were 
formed in the period following deglaciation in the 
late Pleistocene or early Holocene (Ryder, 1971a, b; 
Church and Ryder, 1972; Roed and Waslyk, 1973; 
Gardner, 1982; M.J. Clark, 1987; Beaudoin and 
King, 1994). Dating control on such sediments, how
ever, is often poor, and rates of sedimentation and 
sediment yield are therefore subject to large errors. 
Recently, Ballantyne and Benn (1994b. 1996) and 
Ballantyne (1995) have studied landform develop
ment and sediment yields in two Norwegian valleys 
which have been deglaciated within the past two cen
turies, and demonstrated that very high rates of read
justment occurred immediately following the 
withdrawal of glacier ice. By comparing modern 
slope profiles with photographs taken earlier in the 
twentieth century, they calculated minimum average 
rates of surface lowering of some debris slopes of 
50-100 mm yr , with rates as high as 200 mm yr 
in some locations (Fig. 7.32). Concomitant with 
slope erosion was the build up of debris cones on val
ley floors. By bracketing the period of fan growth by 
the age of trees growing on their surfaces and the age 
of moraines that they overlie, Ballantyne (1995) 
derived aggradation rates of 8-29 mm yr , equiva-
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DEGLACIATION

T I M E ---- ►

(a)

(b)
Fig. 7.31 Rates of sediment yield during the paraglacial 
period: (a) the paraglacial cycle of sedimentation (after 
Church and Ryder, 1972); (b) the paraglacial cycle of sedi
mentation, as modified by Church and Slaymaker (1989) to 
account for the effect of spatial scale on the temporal pat
tern of sediment yield. The time axis covers the postglacial 
period (< 15 kyr-10 kyr b p ).

lent to average erosion rates of 37-93 mm yr in 
their catchment areas. In contrast with these high 
rates of sediment transfer, the cones studied by Bal
lantyne are now largely inactive, only 100-200 years 
after the withdrawal of glacier ice. These data are 
important because they demonstrate that, in these 
locations, the most active period of paraglacial resed
imentation occurs within decades of deglaciation, 
and that the transition to lower sediment yields 
acurs within one or two centuries. It has yet to be 

r'rablished whether these timescales also apply to 
rr.er recently deglaciated environments. In high 

-".tain environments such as the Himalaya, where 
.. .~~ents are larger, and greater quantities of 
. -. ■ - aa:ed sediments are available, the period of

rapid paraglacial readjustment appears to be as much 
as several centuries or more (Fig. 7.33).

7.6.2 Gravitational reworking
Oversteepened and unstable debris slopes and rock 
slopes are common in recently deglaciated terrain, 
particularly in mountainous areas where glacial sed
iments and landforms are left perched high up on val
ley walls by receding glaciers. Such slopes undergo a 
period of high activity as they adjust towards non
glacial subaerial equilibrium. This is particularly evi
dent on the ice-proximal sides of recently abandoned 
lateral moraines, where numerous slope failures can 
be observed (Fig. 7.34). The paraglacial readjust
ment of debris slopes commonly results in severe 
gullying and badland erosion, and reworking of 
glacigenic sediments into coalescent debris cones a: 
the base of the valley walls (Ballantyne and Benn. 
1994b, 1996).

The range of processes responsible for slope 
adjustment are common to very many environments 
and can be usefully classified on the basis of water 
content and the type and rate of movement (Carsor 
and Kirkby, 1972). In Fig. 7.35, common types 
mass movement are differentiated on the basis : 
their velocity profiles, or the vertical distribution : 
strain within the slope. An alternative way of d a s '- 
fying mass movement types is presented in Fig. 7.36. 
which shows mass movements as a continuum deter
mined by sediment concentration and velocity.

Rock avalanches, rock slides or sturzstroms are 
catastrophic failures of bedrock slopes resulting - 
the very rapid downslope transfer of debris. Thej 
are common in recently deglaciated high-relief % _ 
ley systems where rock slopes have been weaker e: 
by pressure release or dilation once an ice load r. - - 
been removed from the valley wall (e.g. Kieslina;- 
1960; Bjerrum and Jorstad, 1968). Earthqu... 
shocks, due to tectonic activity or isostatic up!:-. 
are common triggers (e.g. Sissons and Com:--. 
1982a, b). The retreat of valley walls and provis • 
of debris to valley floors are critical to the его ■ 
of glacial troughs over repeated periods of gla. 
tion (Section 9.4.3). Rock avalanches may have ’ - _ 
run-out distances, some boulders travelling ac: m  
the valley floor and ascending the opposite val : i 
wall. Various mechanisms have been suggested :r 
the rapid transfer of materials over such long aa- 
tances, each one emphasizing the tendency for и r 
rock mass to flow rather than slide. This •• 
explained by Kent (1966) as a fluidization prcce h 
whereby air trapped within the rock debris acts zs a 
fluid medium. Alternatively, Shreve (1968) prop - J  
a cushion of air beneath the rock mass. These 
have largely been superseded by those in\ ■ i z 
numerous block collisions, whereby there ■ ш
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Fig, 7.32 Schematic block dia
grams of the landforms and sed
iments associated with three 
stages in the paraglacial 
reworking of steep drift slopes 
in glaciated valleys, (a) Initial 
slopes exposed by glacier 
retreat, showing lateral 
moraines and the onset of gully 
incision; (b) advanced gully 
development and deposition of 
coalescing debris fans downs- 
lope; (c) exposed bedrock and 
stabilized, vegetated gullies 
and largely relict debris fans. By 
this stage, paraglacial rework
ing and slope adjustment have 
effectively ceased owing to 
diminution of debris supply. 
Facies key: 1: bedrock; 2: sub
aerial sediments relating to an 
earlier episode of paraglacial 
sedimentation; 3: ice-marginal 
deposits; 4: paraglacially 
reworked sediment (debris 
flows and intercalated slope- 
wash deposits); 5: soil horizons. 
(Modified from Ballantyne and 
Benn, 1996)

- nslope transfer of kinetic energy and the mass 
like a cohesionless grain flow (Bagnold, 1954, 

-56: Hsu, 1975). A review of the hazardous mass
• ements that may occur, and have historically 

x;urred in recently deglaciated terrain, was pre- 
.~:ed by Eisbacher and Clague (1984).
Rockfall and soilfall are low-magnitude falls from 
с к slopes and debris slopes, respectively. They are 

■-"icularly common in unstable, oversteepened 
7>es exposed by glacier retreat, and result in the 

..:umulation of talus at the slope foot.
Snow avalanches from mountainsides can be 

. Active agents of sediment transfer if failure takes 
' _je at the base of the snowpack or if the avalanche

impacts upon snow-free debris slopes. Debris swept 
downslope accumulates in avalanche boulder 
tongues. These may take the form of avalanche 
cones, which are fan-shaped accumulations similar 
to debris flow cones, or, if the avalanche is strongly 
confined laterally, roadbank tongues, which are 
tongue-shaped embankments rising up to several 
metres above the level of the surrounding terrain 
(Rapp, 1959; Luckman, 1978; Ballantyne and Наггь. 
1994). Debris reworked by snow avalanche> is often 
sharply angular, owing to high-energy particle colli
sions within the avalanche, and commonly forms 
precariously balanced accumulation.- where it has 
been let down on to the surface b\ >n melt.
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Fig. 7.33 Large paraglacial fan derived from ice-marginal 
sediments, Milang Valley, Lahul Himalaya, India. (Photo: D.l. 
Benn)

Fig. 7.34 Rapidly degrading inner slopes of a lateral 
moraine exposed by glacier retreat, Pre de Bar Glacier, Italy. 
(Photo: D.l. Benn)

Slumps and slides are movements which take place 
along one or more shear planes, with varying 
amounts of internal deformation of the sliding mass. 
Failure is most likely to occur during periods of snow 
melt or heavy rainfall when pore- or cleftwater pres
sures are high within the slope. Slumps and slides 
may undergo partial or total disaggregation during 
downslope movement, and may evolve into flows.

Debris flows are particularly common in recently 
deglaciated environments, owing to the availability of 
unconsolidated sediments and abundant water sup
plied by ice and snow melt (Theakstone, 1982; Owen, 
1991: Ballantyne and Benn, 1994b, 1996). They may 
feed substantial volumes of suspended sediment to 
proglacial streams via debris flow fans at the slope 
rase. Individual debris flows commonly form elon- 

lobes with most sediment being deposited in a 
n:al deposit and marginal levees on either side of 

■; iebns flow channel. Successive flows build up
■ debris fans. Because debris flow activity is 

v est during spring snow melt, debris flows 
caaaoah' accumulate on top of late-lying snow

banks as supranivalflows. On snow melt, the debris is 
let down on to the ground surface as an irregular hum
mocky deposit resembling some types of glacial 
moraines (Ballantyne and Benn, 1994b).

Further details of mass movement processes can 
be found in Carson and Kirkby (1972), Brunsden 
(1979), Brunsden and Prior (1984), Chorley et al.
(1984) and Selby (1993).

7.6.3 Fluvial reworking
Fluvial systems are particularly sensitive to episodes 
of paraglacial activity, owing to the impact of large 
inputs of sediment (Church and Ryder, 1972). In 
upland catchments close to sediment sources, sedi
ment yields can be expected to peak as deglaciation 
commences, but in more distal reaches, sedimen- 
throughputs should peak later, reflecting a time lag a' 
the slug of sediment travels through the system. Thu- 
in downstream reaches of large catchments, sediment 
loads will not begin to increase until after peak yield 
in proximal reaches (Church and Slaymaker, 1989 
Fig. 7.31b). Furthermore, upland paraglacial cycle- 
may be largely complete within a few centuries : 
deglaciation, whereas larger basins may still be 
responding to deglaciation for several millennv. 
Indeed, it is possible that the landscape may not ha- . 
reached its non-glacial equilibrium before the о т .: 
of the next glaciation.

The role of the paraglacial cycle in the longer-te~ 
impact cycle of glaciation on river valleys has bee: 
assessed by Clague (1986), who argued that the ea: ■ 
stage of glaciation brings about a peak in aggradat: : 
in the system, largely because of the damming f 
drainage basins (Fig. 7.37). Degradation occurs di_: 
ing glaciation as a result of subglacial erosion, b. 
some aggradation may characterize the m r. 
advanced stages of glaciation, owing to till depositi 
This aggradation then increases to its peak at the tirr: 
of deglaciation, when large amounts of sediment v 
released in the freshly exposed terrain. The early p. ■ 
of the following non-glacial phase is then character
ized by a short period of incision followed by a ret л  
to equilibrium conditions. The deglacial aggrada: с 
and degradation oscillation corresponds to the pen : 
of high sediment yields in the paraglacial cycle.

7.6.4 Aeolian reworking
On a regional scale, the extensive and often th . 
accumulations of loess (wind-blown silts and cla>5j 
and cover sand are invaluable archives of clinn ; 
and environmental changes during the Quatem. - 
Period. Such material in mid-latitude North Ame- - j 
and Europe travelled large distances from fre'~ j 
deglaciated and periglacial terrain during phase- < 
glaciation, and therefore has been considerably :r .
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Sediment concentration (Vol. %)

FLUID TYPE NEWTONIAN NON-NEWTONIAN

INTERSTITIAL
FLUID WATER WATER+FINES WATER+ 

AIR+FINES

FLOW CATEGORY STREAMFLOW | SLURRY FLOW GRANULAR FLOW

FLOW BEHA/IOUR LIQUID P L A S T I C

<3 Direction of boundary shift for fine-grained sediment | ^  Shift for coarse sediment

Fig. 7.36 Classification o f mass move
ment types according to  sediment con
centration and velocity. (From Selfc. 
1993. Reproduced by permission o f 
Oxford University Press)

Fig. 7.37 Diagrammatic su~- 
mary o f the patterns o f sec • 
mentation and erosion in rive- 
valleys based upon examp e; 
from  British Columbia, Canada 
This is depicted fo r a typica 
glacial cycle. The open аггел 
indicates the tim e o f glacie- 
overriding and the dark аггел 
indicates the tim e o f deglacia
tion . (M odified from  Clague 
1986)

itied by aeolian transport processes. The characteris
tics and palaeoenvironmental implications of loess 
are beyond the scope of this book, and the reader is 
referred to other te\t> for comprehensive coverage 
and references (e.g. Lowe and Walker, 1984; 
Williams et al.. 1993: Derbyshire. 1995). In this sec

tion we concentrate specifically on aeolian processes 
active within the immediate proglacial zone.

It is the lack of stabilizing vegetation, the action o: 
persistent glacier winds and large quantities of easih 
erodible sediment in proglacial areas that make their 
prime sites for aeolian erosion, transportation anc
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imposition. In addition, the fluctuating discharges of
• r 'glacial streams allow for the intermittent drying 
ir. i  wind deflation of finer-grained alluvium. Wind 
' >ion may affect any glacial landform-sediment 

. -emblage, but vegetation colonization tends to sta- 
' :ze most surfaces as the ice recedes. This implies 

: a zone of maximum potential aeolian activity is 
fccated very close to the ice margin. In an investiga-
2 n into the textural changes of Icelandic till through 
a ~ie. Boulton and Dent (1974) demonstrated that silts 
Kid clays in freshly exposed subglacial tills are com- 
r  nly transported by wind on to surfaces deglaciated 

re than 20 years previously where loess accumu- 
ines. This removal of fine-grained materials from the

tills leaves behind stone pavements, which may con
tain wind-faceted clasts (ventifacts) as a result of the 
sand-blasting effect of the strong localized winds. 
These features are common in Antarctica and are sim
ilar to the desert pavements produced in warm arid 
environments which protect underlying fine-grained 
materials from continued deflation.

This ice-proximal to distal zonation of aeolian 
processes is also reflected in the wind-blown sedi
ments and forms of proglacial areas. The waning 
strength of glacier winds with distance from the ice 
margin is reflected in the grain size distributions of 
the aeolian deposits, which grade from medium to 
fine sands into silts and clays (loess) with distance

о p ocj Non-glacial diamictons 

^  a] G lacia l diamictons

Deflation of fine sand & silt 

Ж  Ventifacts

: g. 7.38 The processes and sediment-landform associations in glaciaeolian environments: (1) silt and sand formation by
• gathering on high, steep valley slopes; (2) silts and sands produced and supplied to the glacier by rockfall and other mass 

~:vement processes; (3) silts deposited in a proglacial lake; (4) silts, sands and other rock debris falling into crevasses and 
-corporated in the glacier; (5) silts and sands washed into a small ice-marginal lake; (6) terraces comprising lacustrine silts 
;~d sands produced as lake dries up or drains; (7) fine sediments produced by overland flow and deposited at the base of 
■■= slope; (8) meltwater stream feeding a proglacial lake; (9) proglacial lake into which lacustrine silts and sands are 
reoosited; (10) parabolic dune; (11) ice-contact lake; (12) and (13) barchan dunes; (14) longitudinal dunes; (15) deflation hol- 

(16) deflation of lacustrine silts and sands in a dried-up proglacial lake; (17) rock-strewn surface; (18) hummocky 
~:'aine; (19) aeolian sand infilling depressions within till ridges; (20) end moraine; (21) meltwater stream dissecting end 
" raine; (22) cover sands; (23) floodplain sands and gravels; (24) alluvial fan; (25) river terraces capped by loess: (26) vege- 
‘ ;--sd surface with formation of palaeosols; (27) fines being deflated from floodplain sediments; (28) loess hills. (From Der- 
r.snire and Owen, 1996. Reprinted by permission of Butterworth-Heinemann)
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(Fig. 7.38). The generally short travel distances are 
reflected in the surface morphology of individual 
grains under the scanning electron microscope. The 
grains have a frosted appearance due to physical 
impact chipping, but still exhibit physical signatures 
of their source of origin (e.g. fracture surfaces inher
ited from subglacial erosion and transport), unlike 
the further-travelled grains of the mid-latitude loess 
sheets (Krinsley and Doornkamp, 1973; Whalley and 
Krinsley, 1974).

The seminal work on the processes and deposits of 
aeolian geomorphology is that of Bagnold (1941), 
who identified three modes of sediment transport: (a) 
suspension; (b) saltation; and (c) surface creep. Sus
pension affects only the finest particles (silt and 
clay), whereas saltation affects sand, and creep 
affects sand and granules. The initial entrainment of 
a sediment particle is dependent upon various factors 
such as grain size and shape, sediment sorting and 
packing, surface roughness, moisture content and 
vegetation. A threshold velocity of 16 km hr' was 
suggested for the entrainment of loose, dry sediment 
by Ritter (4978), whereas values of approximately 
30 km hr” have been reported for moist sand by 
Calkin and Rutford (1974). Recent measurements of 
summer katabatic winds at the margin of the Green
land ice sheet by van den Broeke et al. (1994) per

sistently exceed the threshold velocity for dry sedi
ment, and average wind speeds for the marginal area- 
of the Antarctic ice sheet are more than double the 
threshold velocity for moist sediment (Dudenev 
1987; Parish and Bromwich, 1989); it is therefore 
important not to underestimate the impact of aeoliar. 
processes in ice-marginal environments, with respec; 
to both science and comfort!

Once entrained by the wind, a particle will behave 
according to its grain size, with silts and cla\' 
remaining in suspension by turbulence and sane- 
resettling after a short travel distance. As sand grain- 
strike the sediment surface they dislodge other pani
cles, setting them in motion. This results in: (a) salta
tion, where the displaced grains become airborne 
within a zone less than 50 cm from the sediment st'- 
face; and (b) surface creep, where grains are pushr. 
along the sediment surface by the saltating grains.

The deposition of wind-blown particles invoh; 
the three processes of wind ripple migration, grain- 
fall and avalanching. Ripples form and migrate or _ 
sediment surface as a response to bombardment r_* 
saltating grains. An upward limit on ripple growth »  
reached when the ripple crest reaches faster-fl o \ \ _ 
air, and grains are then removed easily. This help- 
explain why coarser and therefore more stable grai: - 
are found on ripple crests and finer grains in i t

: : 7 35 A reconstruction of the environmental setting for loess deposition in the early Holocene (late paraglacial re. : i 
5 e. *i:is) based upon the South Thompson River valley, British Columbia, Canada. 1: Upper limit of loess depci - r, 

.-•an and katabatic winds; 3: alluvial fans; 4: loess cap; 5: glacilacustrine silts; 6: debris flow deposits; 7: slope , - x  
: - From Roberts and Cunningham, 1992. Reprinted by permission of John Wiley & Sons)
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neighbouring troughs. Grainfall entails the fallout of 
-rains from suspension or saltation and their accu
mulation in the lee of an obstacle. In proglacial areas 
' lis may involve clumps of vegetation or even indi
vidual boulders. Avalanching involves the mass 
movement of grains as slumps or flows where large 
quantities of sediment are being delivered to lee-side
- jrfaces.

Because aeolian reworking is most effective when 
'idiments are dry and unvegetated, it is during the 
--дг1у part of the paraglacial cycle that proglacial 
materials are most susceptible to wind deflation and 
ransport. However, substantial wind-blown deposits 
_re likely to be present only in the more arid of 
-eglaciated catchments. These processes can be 
effective enough in some regions to produce the large 
-nd extensive aeolian forms usually associated with 
r.ot deserts, such as parabolic and barchan dunes 
Webb and McKelvey, 1959; Calkin and Rutford,

1974; Koster, 1988; Koster and Dijkmans, 1988). 
Depositional patterns in such arid catchments 
provide important information on glaciaeolian 
processes. For example, Roberts and Cunningham 
(1992) document wedges of loess draping the lower 
slopes of the South Thompson River valley in British 
Columbia, Canada, which they interpret as the prod
uct of two components of wind flow (Fig. 7.39). The 
dominant downvalley (mountain and katabatic) 
winds and tangential secondary updraughts (slope 
winds) combine to carry silt from the thick glacila- 
custrine sediments deposited during deglaciation up 
the valley wall. The resulting wedge of loess feathers 
out upslope. The interaction of aeolian processes and 
landforms with glacial and proglacial processes is 
summarized in Fig. 7.38, which illustrates the 
numerous complex combinations of transportational 
and depositional histories that are involved in the 
glaciaeolian system.
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8.1 INTRODUCTION
Large parts of contemporary glacier margins calve 
into or are in contact with deep water. More than 90 
per cent of the Antarctic ice sheet margin is 
presently in contact with the sea (Drewry et al., 
1982), and numerous glaciers elsewhere in the 
world terminate in the sea or lakes. The extent of 
glacier margins terminating in water was even more 
spectacular during Pleistocene glacial maxima, 
when continental-scale ice sheets in North America 
and Scandinavia descended to sea-level and con
tacted huge proglacial lakes (Section 1.7.2). Such 
water bodies act as sediment traps where thick suc
cessions can be preserved, providing valuable infor
mation on the former extent, behaviour and history 
of glaciers. Proglacial water bodies also profoundly 
influence glacier dynamics, acting as catalysts for 
glacier advance and retreat cycles which may be 
only weakly related to climatic forcing (Hughes,
1986, 1992; Warren, 1992).

Lake-water (glacilacustrine or glaciolacustrine) 
and sea-water (glacimarine, glaciomarine or glacial- 
marine) environments have much in common, and 
many important processes are common to both. 
There are also many important differences due, 
among other factors, to the difference in salinity 
between freshwater lakes and the sea. In this chapter, 
we discuss both glacilacustrine and glacimarine envi
ronments and processes, highlighting the similarities 
and differences where appropriate.

There is an important distinction between glacier- 
contact water bodies, in which glaciers extend into 
the water, and non-glacier-contact water bodies, 
which receive glacial meltwater and sediment input 
but are not in contact with glacier ice (Fig. 8.1: 
N.D. Smith and Ashley, 1985; Benn, 1989a; N. Eyle- 
and C.H. Eyles, 1992). In the former case, interac
tions between water-body characteristics and glacier 
behaviour create very dynamic conditions, with rapL 
spatial and temporal changes in sediment transpor. 
and deposition rates, and potentially unstable glacie' 
margins. In non-glacier-contact environments, how
ever, the presence of glaciers in a catchment influ
ences lakes and the sea to a lesser extent than where 
there is direct contact, and the glaciers themselve- 
are little affected. Both glacier-contact and nor- 
glacier-contact environments are glacier-fed, in thv 
they receive important inputs of water and sedimer 
from glaciers, in contrast with glacial lakes 
marine basins, which owe their origin to glaciation bi_ 
do not necessarily receive glacial inputs at present.

In this chapter, we begin by examining the behavio u - 
of water-terminating glaciers, or the influenc: 
exerted by deep water on glacier dynamics in glacie: 
contact environments. We then go on to discu- 
the influence of glacial inputs on water-body chara. - 
teristics in both glacilacustrine and glacimar:'. 
environments, and both glacier-contact and nr - 
glacier-contact settings. We then review the range :* 
depositional processes and environments character 
tic of glacier-fed water bodies.

Fig. 8.1 Contrasting : 
tions in glacier-conta: 
non-glacier-contact 
ronments. (Modifiec 
N. Eyles and C.I- 
1992)
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8.2 WATER-TERMINATING ICE 
MARGINS
The behaviour of glaciers that extend into deep water 
■•■ater-terminating glaciers) is controlled by the fact 

:hat ice floats. This simple fact means that water- 
erminating glaciers are potentially unstable, prone 

:o rapid breakup or advance depending on the inter
play between water depth, glacier activity and cli
matic inputs. Given the extent of water-terminating 
glacier margins around Antarctica today, and around 
:he great mid-latitude ice sheets in the past, it is 
clearly very important to understand the processes 
governing their behaviour as a key to predicting 
:uture glacier dynamics and interpreting the geologic 
record of climate change.

8.2.1 Buoyancy
Glacier ice has a density less than that of liquid 
water, because of the expansion of water upon 
freezing and the presence of trapped air bubbles 
Section 2.2.2). Thus, a given volume of glacier ice 

is lighter than the same volume of water, so that 
:ee will float provided the water is sufficiently 
Jeep. The depth of water required for flotation is 
given by the density contrast between ice and 
•vater:

K f = (p/pw)A (8.1)
where hwf is the water depth required for flotation, 
p, is the density of ice (- 900 kg m 

for fresh
), pw is water 

water anddensity (~ 1000 kg m
- 1030 kg m " for sea-water), and h is the ice thick 
ness. Thus

Awf — 0.9 h (fresh water)

— 0.87 h (sea-water)

and Svalbard (Meier and Post, 1987; Dowdeswell. 
1989; Warren et al., 1995; Wiles et al., 1995). Float
ing margins and ice shelves can form only in polar 
settings, such as the fjords of Arctic Canada and 
marine embayments around the coasts of Antarctica, 
where the ice is below the pressure melting point and 
has a high tensile strength.

The grounding line of a glacier is simply the zone 
at which a glacier-ice shelf starts to float or where a 
tidewater glacier ends as a vertical cliff (Hollin, 
1962; Powell, 1984; Powell et al., 1996). On the sur
face of a glacier-ice shelf, the position of the ground
ing line can be identified by the location of a 
pronounced decrease in slope profile, reflecting the 
transition to zero shear stress below the floating por
tion of the glacier.

8.2.2 Tidewater glaciers and other 
non-floating margins
Non-floating glacier margins, where the ice termi
nates at a cliff at the grounding line, are more com
mon than ice shelves, and this also appears to have 
been the case during Quaternary glacial maxima. 
Tidewater glaciers occur in both open-coast and fjord 
locations and in both polar and temperate climates 
(Fig. 8.2). Therefore, although Antarctica is well 
known for its large ice shelves, tidewater glaciers 
actually comprise nearly 50 per cent of the coastline 
(Dubrovin, 1976).

Temperate water-terminating glaciers are com
monly fast-flowing, and some, such as the San Rafael 
Glacier in Chile, are among the fastest glaciers on 
Earth (Meier and Post, 1987; Warren and Sudgen, 
1993; Warren et al., 1995). This tendency to fast flow 
is due to long-term interactions between climate, 
glacier activity and landscape evolution. Deep lake 
basins and fjords typically form in deeply dissected 
montane environments in maritime climatic settings, 
such as southern Alaska and Patagonia, where high

showing that glacier margins will float when in 
contact with water deeper than approximately nine- 
tenths of the ice thickness.

Glaciers entering water deeper than the critical 
depth will, form floating margins or ice shelves, but 
only if the tensile strength of the ice is sufficient to 
withstand the pulling stresses at the margin. Temper
ate glacier snouts cannot form ice shelves because 
glacier ice at the pressure melting point has very low 
tensile strength, and readily breaks up by calving 
Powell, 1984). Thus, temperate water-terminating 

snouts cannot survive in water deeper than the criti
cal depth, and will calve back until grounded in shal
lower water. Glaciers with grounded marine termini 
are known as tidewater glaciers (Powell, 1984). 
Many of them occur in the fjords of Alaska. Chile

Fig. 8.2 Calving glacier margin, Hooke Glacier, Makinson 
Inlet, Ellesmere Island. (Photo: D.J.A. Evans)
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snowfall and ablation drive the ice flux required for 
rapid erosion (Section 5.3; Hallet et a l., 1996). Such 
environments, therefore, have deep water bodies 
occupying overdeepened erosional basins, and the 
mass throughput necessary to sustain fast glacier 
flow. Furthermore, the presence of deep water at the 
glacier margins provides a high base-level for sub- 
and englacial drainage, encouraging high basal water 
pressures and rapid sliding (Section 4.5.3). The pres
ence of fast, water-terminating glaciers in maritime 
mountain ranges is thus part of a self-reinforcing 
process of landscape change.

8.2.3 Ice shelves
Ice shelves consist of (a) the floating margins of outlet 
or valley glaciers (glacier-ice shelves)', (b) floating ice 
sheets which are locally grounded and fed by surface 
accumulation and bottom freezing (sea-ice ice 
shelves)', and (c) extensive floating shelves fed by a 
combination of glacier inflow, surface accumulation 
and bottom freezing (composite ice shelves', Section 
1.4.3; Thomas, 1979b). An example of a small glacier- 
ice shelf in Arctic Canada is shown in Fig. 8.3, and 
part of the huge Ross ice shelf, a composite shelf 
receiving ice from the interior of Antarctica as well 
as surface snowfall, is shown in Fig. 8.4. In this sec
tion, we examine the flow, accumulation and melting 
of ice shelves. Calving processes are described in 
Section 8.2.4.

8.2.3.1 FLOW  OF ICE SHELVES

Unlike in the case of grounded glaciers, there is no 
drag at the base of floating ice masses. As a result,

Fig. 8.3 The floating and calving margin of Alfred Newton 
Glacier, Ellesmere Island, Arctic Canada. Note the develop- 
— e ~ t  of radial crevasses beyond the grounding line, which 
a-sa -,-ef loating part of thesnouttosplay out asa series of ice 

•:  - :  _es ard the heavy transverse crevassing, which reflects 
« d e ra t io n  of the ice (down-draw) as it reaches the sea.

E 3<e.r, Geolog :a'Survey of Canada, June 1982)

; v\ ^-Amundsen Giac*

■ V
Seeе  В  -*-i

0 (00 KILOMETERS....1 ............I

Fig. 8.4 Part of the Ross Ice Shelf and the Transant;- - 
Mountains, NOAA advanced very high resolution rad :-  
ter image, November 1980. (Image courtesy of Dona : : 
Wiesnet, National Oceanic and Atmospheric Adm'~ r  
tion)

the basal shear stress is zero, a fact that has pro: . - 
implications for the flow of ice shelves. For н>:_ я 
fined ice shelves without grounded margins. ~ ■ 
occurs entirely by creep spreading driven b\ "  
weight of the ice above the water-line (Ween-. 
1957a; Thomas, 1973a, b; Sanderson, 1979: P_ . 
son, 1994). With no basal shear stress, the ice 
has no surface slope. Spreading causes thinn;-r i 
the ice shelf, although this can be counteracted * 
surface accumulation, basal freezing or the influx ; 
ice from glacier outlets, so that it is possible : - 
spreading shelf to maintain a constant thickne*- i 
even thicken. Unconfined ice shelves with zer: : 
negative mass balances will always undergo r  • 
ning, and will eventually disappear.

Confined ice shelves are grounded at the side- - 
fjord margins, islands, promontories or high pi: - 
on the bed. These grounded margins exert dr^: 
the ice, increasing the resistance of the systen i 
flow in much the same way as the margins of a v_ 
ley glacier (Section 4.6.2). The existence of - 
drag allows the ice shelf to maintain a surface s'. - 
which generates the stresses necessary to ma:r:_ 
fast flow (Fig. 8.5). Theoretical stresses and
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Accumulation / ablation

r g. 8.5 Sketch of a confined ice shelf, showing inputs and 
: -tputs

*_:es in confined ice shelves have been calculated by 
an der Veen (1986) and summarized by Paterson 
1994). This theory predicts that surface slopes will 

>г steepest for narrow-confined ice shelves, and 
gentlest in wide ice shelves where drag at the mar
gins is relatively unimportant, a prediction con 
rrmed by field data (Fig. 8.6). High points on the 
~ed. consisting of bedrock hills or shoals of sedi
ment, are known as pinning points, and also exert an 
nfluence on ice shelf dynamics by locally increas- 
ng the basal drag and reducing losses by calving 
Section 8.2.4).

8.2.3.2 ICE SHELF ACCUMULATION AND 
MELTING
Although calving at the ice shelf edge exerts the 
'trongest influence on ice shelf stability (Section 
8.2.4), the mass balance of many ice shelves is also 
critically dependent on the relative importance of

snowfall accumulation and ablation at the upper sur
face, and freezing and melting processes at the base 
(Fig. 8.5).

As we saw in Section 8.2.1. ice shelves form only 
in polar regions, where the ice is below the pressure 
melting point. In such regions, mean annual temper
atures are often too low for significant melting to occur 
at the upper surface, so that ice shelf surfaces are 
often snowfall accumulation zones. Accumulation on 
ice shelves is also encouraged by their coastal location, 
close to oceanic moisture sources. In some areas, 
however, net ablation occurs at ice shelf surfaces.

Unlike in the case of grounded ice masses, basal 
melting and freezing processes contribute substan
tially to the mass balance of ice shelves. Conditions 
for melting or freezing are determined by the temper
ature of the ice and the water, and by the water sal
inity, and have been analysed mathematically by 
Doake (1976) and Drewry (1986). Increasing salinity 
reduces the local melting point of ice, thus increasing 
the likelihood of basal melting and suppressing basal 
freezing. Thus, freezing is favoured by factors that 
chill or reduce the salinity of the water beneath an ice 
shelf, such as the efflux of meltwater from basal 
drainage systems. The role of water pressure in 
determining thermal conditions and patterns of melt
ing and freezing beneath an ice shelf have been 
investigated by Foldvik and Kvinge (1974, 1977), 
Doake (1976) and Robin (1979). Ice shelves gener
ally thin down-flow, so that if water is forced to flow 
up an ice flowline it will descend because of the 
increase in ice thickness (Fig. 8.5). As the water 
descends, the increasing water pressure will depress 
the freezing point and so, in order to maintain equi
librium, the water will melt the overlying ice to lower 
its temperature. The reverse of this process will

Width, km

Fig. 8.6 Relation between the width of 
ice shelves and thickness gradient {change 
in thickness with distance dov.nflow). 
(From Paterson, 1994. Reproduced by per
mission of Pergamon)
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affect a water parcel that moves down a flowline and 
ascends to shallower depths.

Ice formed by basal freezing has characteristic 
crystallographic and isotopic signatures, which can 
be readily identified in ice cores (Souchez and Lor
rain, 1991). For example, Site J9 on the Ross ice 
shelf revealed 6 m of frozen-on sea-ice at the base of 
a 416 m core (Clough and Hansen, 1979; Jacobs et 
al., 1979; Zotikov et al., 1979, 1980), and 158 m of 
sea-ice was found underlying 270 m of glacier ice in 
the Amery ice shelf by Morgan (1972).

Average bottom freezing rates for the base of 
Antarctic ice shelves are in the region of 
30-50 mm yr . These figures, however, mask con
siderable spatial variability, both between and within 
ice shelves. Rates of basal accretion by freezing-on 
have been calculated as 10-35 mm yr for the Ross 
ice shelf and 300-600 mm yr for the Amery ice 
shelf, where accumulation by basal freezing exceeds 
that attributable to snowfall (Fig. 8.7; Budd et al., 
1982). The Ross ice shelf can be subdivided into 
three zones based on patterns of basal melting and

Distance (km)
Fig. 8.7 (A) Longitudinal profile of the Amery ice shelf, 
-".arctica, showing ice flowlines, surface accumulation and 
:=• = freezing on. (B) Mass balance components for the 

ce shelf: (1) surface accumulation rate; (2) basal ice 
t' '•ate; (3) horizontal ice flux; (4) longitudinal strain 

5 transverse strain thinning. (From Drewry, 1986, 
sudd eta/., 1982)

freezing (Souchez and Lorrain, 1991). Zone 1 is ar. 
area of enhanced bottom freezing near to the ground
ing line, and results from the presence of fresh melt
water draining from beneath terrestrial ice streams. 
Localized basal melting also occurs in this zone ir. 
association with vigorous meltwater efflux point' 
Zone 2 is an area of slow bottom freezing caused b; 
effective upward heat transport through the ice she/ 
and the presence of cold isothermal water of low 
salinity. This gives way to an outer zone, Zone : 
where stronger circulation and greater heat exchan/, 
produces net basal melting.

Basal melting and freezing can change the charac
ter of ice shelves. For example, the Koettlitz Glacie: 
Antarctica, originates as a glacier-ice shelf and 
transformed into a sea-ice ice shelf through a cor - 
bination of surface ablation and bottom freezr . 
(Gow and Epstein, 1972). Striking evidence of th 
transformation is provided by fish and other orgar . 
remains melting out from the ice shelf surface.

8.2.3.3 ICE SHELF STABILITY
In summary, ice shelves are potentially unstable :.. - 
tures, and their formation and survival depends - 
several conditions being met (Powell, 1984):
1. Ice shelves form only in ice below the pressar; 

melting point, which has high tensile strengr. 
Accordingly, ice shelves are restricted to po._- 
regions.

2. Ice shelf stability is favoured by net snow ac„. 
mulation at the surface, and net freezing at the ba-: 
Conversely, net surface ablation and basal me/. . 
will result in ice shelf disintegration. Posi: . 
mass balance at the upper surface may counter..- 
losses by basal melting, and vice versa.

3. Sheltered locations, such as embayments 
Ijords, and pinning points on the bed prom . 
stability by sheltering the ice shelf from currer/ . 
waves and winds, and reducing calving. Locat: r ■ 
can become more favourable to ice shelf grown» 
by a fall in sea or lake level and/or the forma:
of sea ice beyond the ice shelf edge, protecting it 
from open water.

4. Stability is also encouraged by high ice dischar; . ■ 
from terrestrial glacier feeders. Although th . • 
ening of feeding glaciers can initiate ground." 
line advance, ice shelf expansion normally reqt 
reduction of ablation by surface and basal melt / 
and particularly the reduction of calving at the a ■ 
tal edge.

8.2.4 Calving and icebergs
Calving is the production of icebergs by detachr e: 
of ice from a parent glacier terminating in water i F : 
8.8). The calving zone of a tidewater glacier mar; -
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Pv, = Pw g K
where pw is water density, g is gravitational acceler
ation and Aw is water depth.

The water pressure is thus zero at the water surface 
and rises linearly towards the ice base (Fig. 8.9B). 
Similarly, the outward cryostatic pressure exerted by 
the ice face towards the water column is given by

P\ =  P i g h

coincides with the grounding line, whereas the calv
ing zone of an ice shelf may be up to hundreds of 
kilometres seawards of the grounding line (Swithin- 
bank, 1955). Calving accounts for a large proportion 
of ablation from glaciers in contact with deep water: 
the total mass of ice lost by calving is estimated at 56 
per cent and 77 per cent for the Greenland and 
Antarctic ice sheets, respectively (Jacobs et al., 
1992).

Calving occurs when the tensile stresses tending to 
pull a parcel of ice away from the margin exceed the 
strength of the ice. A model of the stresses acting on 
a floating glacier margin was developed by Reeh 
(1968), and considered the balance of forces across 
the floating ice face (Fig. 8.9). The main components 
of the force balance are the normal pressure exerted 
by the water on the ice ( P w), and the normal pressure 
exerted by the ice on the water (p,). The normal pres
sure exerted by the water on a vertical, floating ice 
face at any given depth is given by

where h is ice thickness, measured down from the 
surface.

Except for the ice base, where p, = P w, there is an 
imbalance in the stresses acting across the ice face, 
with a net horizontal hydrostatic force which reaches 
a maximum at the water line (Fig. 8.9C). In order to 
balance the forces, the floating ice front is distorted 
and warped downward at the snout. A potent combi
nation of tensile and shear stresses is set up within 
the glacier, reaching a maximum at a distance from 
the ice front which is approximately equal to the ice 
thickness (Fig. 8.9D). This promotes fracturing at the 
ice surface, and calving occurs when fractures prop
agate to the ice base, producing icebergs with lengths 
comparable to the ice thickness. The widths of the 
icebergs will be dictated by the width of the ice shelf, 
provided it maintains uniformity across its margin. 
Reeh-type calving has been observed in the field by 
Holdsworth ( 1973a i. and Reeh and Olesen (1986), 
but slight frontal upwarping, rather than the expected 
downwarping. occurs at the calving terminus of 
Jakobshavns Glacier in Greenland (Echelmeyer et al., 
1991: Warren. 1992).

Additional stresses are imposed by tides, changing 
lake levels, and storm waves during extreme weather 
events, each of which can facilitate crack propa
gation and calving (Holdsworth, 1974; Robin, 1979;

(c)

fig. 8.8 A calving event at the snout of Glaciar San Rafael, 
Chile. The calving front rises to approximately 45 m above 
:ne water line and the water depth is in excess of 250 m. In 
:те final photo of the sequence a large wave has been pro
duced by the collapse of the pinnacle in the second photo, 
and a new block of ice has risen up from below the water 
almost to the height of the snout cliff top. (Photos: C. R. 
.Varren)
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Ice
/

Water

Лi W

N \(

tude of horizontal hydrostatic 
stresses exerted by the ice (p,) 
and the water (P„). (C) Net hor
izontal hydrostatic stress. (D) 
Resulting warping of the ice 
tongue and associated fracture 
propagation. (Adapted from 
Reeh, 1968, and Hughes, 1987)

Holdsworth and Glynn, 1981). Cyclical stresses 
caused by swell waves (Holdsworth, 1977; Holds
worth and Glynn, 1978), and collisions between 
icebergs and ice shelves (known as the ‘big bang’ 
theory of iceberg formation ) can also weaken floating 
ice fronts (Swithinbank, 1969; Swithinbank et al., 
1977; Robin 1979).

Calving is also strongly dependent on weaknesses 
in the ice which locally reduce the tensile strength of 
floating glacier tongues. Radial and transverse 
crevasses are particularly important in controlling 
calving events (Fig. 8.3; Epprecht, 1987; Dowdes
well, 1989; Warren et al., 1995), and accelerated 
calving can coincide with the arrival of crevasse 
fields at a glacier terminus (Powell, 1990). Calving 
by crevasse propagation is particularly likely when 
crevasses are full of water, because this will reduce 
the effective pressure at the crevasse walls and dis
courage closure by creep (Fastook and Schmidt, 
1982).

Calving at grounded glacier margins has been 
examined by Iken (1977), Hughes (1989), Hughes 
and Nakagawa (1989), Funk (cited in Warren, 1992) 
and Kirkbride and Warren (1997). One of the most 
important factors is the gradual steepening of the ice 
:ront due to the vertical velocity gradient (Section 
-.6.21. which increases the bending stresses at the ice 
'Urtace and encourages downward crack propagation 
_rc toppling failure of spalled slabs of ice. As for 
;e 'helf calving, the presence of crevasses exerts 

: ".'iderable control over the size and location of 
__ ing events. Ice cliff retreat is also accomplished
- -.ir ermal erosion by w armer surface water, produc- 
K  a deep notch along the base of the cliff near the
■ re Fig. S. 101. This notch undercuts the ice 

_ . -raging :...-height slab calving. Thermal 
r- *••• <• - the ater-line also produces a projecting

Fig. 8.10 Types of iceberg calving from a tidewater glacie- 
terminus: (1) subaerial launch of a serac; (2) separation o* ; 
berg along a joint intersecting a thermoerosional notch; 3 
subaqueous launch from an ice foot; (4) separation along a 
deeply incised crevasse. (From Syvitski eta/., 1987, after L - 
boutry, 1965. Reproduced by permission of Springer)

ice foot below the water surface in front of the sub
aerial calving front. The density difference between 
ice and water renders this projection unstable, ar. _ 
blocks may bob up many tens of metres in fr г 
of the subaerial terminus (Warren, 1992; Warren t 
al., 1995; Kirkbride and Warren, 1997).

The rate of retreat of an ice margin by calving 
known as the calving rate or calving veloci: 
Despite the complexity of the calving process, the:, 
is a generally strong positive correlation betweer 
calving rates and water depth at the calving frcr 
allowing rates of glacier retreat to be predict 
from knowledge of subglacial topography (Fig. 8.1
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: g. 8.11 Water depth and associated calving rates at the 
“ argins of a selection of tidewater glaciers (solid dots) and 
"eshwater cliffs (open circles). (Data from Warren, 1992, 

Warren et al., 1995, compiled from various sources)

Brown et al., 1982; Pelto and Warren, 1991; Warren, 
992). However, the relationships differ for freshwa- 

and marine glacier margins, and for any given 
.iter depth, calving rates will tend to be greater for 

marine margins. The reasons for this difference in 
*ehaviour are not fully understood, but the greater 
‘uoyancy and enhanced melting of glacier ice in salt 

ater, exposure to storms, and tidal flexure may all 
rlav a part (Warren, 1992). In a recent analysis of the 
. -lving behaviour of Columbia Glacier, Alaska, van 
.er Veen (1996) questioned whether any simple rela- 
on exists between water depth and calving rate. He 

-jggested that the calving rate is influenced by the 
effective pressure at the base of the ice, and that rapid 
. living will be initiated when the effective pressure 
-pproaches zero. This would imply that calving
■ ehaviour is a function of water depth, ice thickness 
_nd basal meltwater flux, because these quantities 
. :>ntrol the effective pressure at the base of tidewater 
glaciers. According to van der Veen, calving rates are 
. mtrolled more by processes acting at the glacier 
~ed (e.g. changes in the subglacial drainage system) 
лап by what happens at the terminus. If true, this
- inclusion indicates that predictions of calving rates
■ rom water depth alone can never be more than first 
-pproximations.

The shape and size of icebergs released by calving 
events are related to glacier dynamics and morph- 
'.ogy, particularly the distribution of crevasses. 

Dowdeswell (1989) found that for water-terminating 
:e masses around Svalbard, heavily crevassed surg- 
ng glaciers release large quantities of small icebergs, 
~ergy bits (< 10 m across) and brash ice (< 2 m 
-_t o s s ) ,  whereas ice caps and large outlet glaciers

release large tabular icebergs (> 500 m across) and 
small, irregular icebergs. Valley glaciers in the same 
region typically calve irregular icebergs over 50 m 
across. Calving from ice shelves typically releases 
large tabular icebergs. Large tabular bergs form ice 
islands, which can be tracked over vast distances as 
they drift within pack ice without fragmenting for 
long periods of time (Koenig et al., 1952; Rodahl, 
1954; Hattersley-Smith, 1957a; Jeffries, 1987, 
1992). Many Arctic and Antarctic ice shelves have 
undergone accelerated calving over the past century, 
probably owing to climatic warming causing, first, 
less widespread sea-ice (which formerly buttressed 
the ice shelf margins), and second, enhanced basal 
melting and surface ablation (D.J.A. Evans and 
England, 1992; Rott et al., 1996). A good review of 
iceberg calving and fragmentation in Antarctica is 
provided by Kristensen (1983).

Worldwide, icebergs release vast amounts of fresh 
water into the oceans each year. Estimates of iceberg 
production around Antarctica range from 5 X  1014 to
12 X  1014 kg yr ^(Mellor, 1967; Robe, 1980), and a 
further 2.15X10 kg yr is estimated to calve from 
the coasts around Greenland (Dowdeswell, 1987). 
Much smaller volumes of icebergs are derived from 
the ice shelves of Ellesmere Island and the glaciers 
of Zemlya Frantsa-Iosifa, Severnaya Zemlya, Sval
bard, South Georgia, Alaska and Chile. Icebergs 
totalling 4200 km" in area calved from the Larsen ice 
shelf in the Antarctic Peninsula in a single month 
early in 1995 (Rott et al., 1996). Given the size of 
such bergs, it is not surprising that some rather fan
ciful and very expensive schemes have been pro
posed for towing such icebergs to lower latitudes for 
use as a freshwater source!

8.2.5 Advance and retreat of calving 
ice margins
The relationship between calving rates and water 
depth means that glaciers terminating in deep water 
are potentially unstable and vulnerable to cata
strophic retreat by rapid calving. Ice margin stability 
is therefore favoured by the presence of pinning 
points or constrictions in the enclosing channel or 
fjord (Fig. 8.12: Field. 1947: Mercer, 1961; Thomas, 
1979b; Warren and Hulton, 1990; Greene, 1992). 
Such constrictions in the channel occupied by a glac
ier reduce losses by calving, and if the calving rate is 
less than the ice flux, the glacier will thicken and 
stabilize. However, if the glacier pulls back from a 
pinning point into deeper water, the calving rate may 
exceed the ice flux and rapid retreat will result. 
Because of the influence of topography on ice 
margin stability, calving glaciers exhibit non-linear 
responses to climatic forcing: a given climatic signal 
will trigger a large or small glacier response
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Fig. 8.12 (a) Pinning points located at changes in width of 
a fjord. Stable margin positions are favoured at narrowings. 
b) Reconstructed retreat rates of Lateglacial fjord glaciers 
n Scotland, and their relationship to pinning points. (Mod- 

ified from Greene, 1992, after Mercer, 1961)

„  rending on the position of the margin relative to 
’.opography (Brown et al., 1982; Mann, 1986; 

Гггтоп et al.. 1989: Powell, 1991; Warren, 1992; 
•' ;> et al.. 1995)

Tbe links between climate change and the advance 
". f fiord glaciers were first elucidated by 

Me - . If ;he glacier equilibrium line alti

tude (ELA ) falls, as a result of a climatic shift, the 
glacier margin will advance to a point where the 
fjord widens or deepens, thus increasing the calving 
rate to balance the ice flux. Conversely, a rise in ELA 
results in the retreat of the glacier snout to a poin: 
where the fjord narrows or becomes shallower, thu- 
reducing calving rates. Glacier response, therefore 
will depend on fjord configuration: glaciers occup .- 
ing widening fjords should be relatively stab'.; 
because calving rates will increase if the glacie- 
advances and decrease if the glacier retreats. On the 
other hand, glaciers occupying narrowing fjords w: 
tend to be unstable; an advance of the glacier w: 
reduce the calving rate, encouraging further advance 
whereas retreat will increase the calving rate, leadir.̂  
to accelerating deglaciation.

Bottom topography has a similar influence on ice 
margin stability (Thomas, 1979b). Where the be. 
slopes away from the ice margin, a small increase ir 
ice thickness will result in the advance of the grour- 
ding line into deeper water where calving rates ar: 
higher (Fig. 8.13a). On the other hand, where the К  _ 
slopes towards the ice margin, a small increase in : 
thickness will initiate unstable advance into sh
owing water, and a decrease in ice thickness I 
cause accelerating retreat into deeper water ? _ 
8.13b). This model has profound implications for 
stability of marine-based ice sheets, such as the \\. : 
Antarctic ice sheet, with beds largely lying v r I

Fig. 8.13 The influence of bed configuration or --- 
advance and retreat behaviour of water-terminating с ; 
ers. (a) Bed sloping away from the ice, tending to limit **•» 
extent of advance and retreat; (b) bed sloping toward: тта 
ice, encouraging unstable advance and retreat
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">elow sea-level. Such ice sheets are potentially 
vulnerable to increases in sea-level, which could 
accelerate calving and initiate catastrophic retreat 
Hollin, 1962; Hughes, 1973, 1986; Mercer, 1978; 

Thomas and Bentley, 1978a; Sugden, 1988, 1993). 
Patterns of decay of marine-based ice sheets can be 
-.llustrated by deglaciation of the Hudson Bay sector 
of the Laurentide ice sheet. Deglaciation was slow 
until ice had retreated into Hudson Bay and away 
:'rom the pinning points of Hudson Strait, whereupon 
:t disintegrated rapidly, leaving only terrestrial 
remnants in Labrador, Keewatin and Baffin Island 
Andrews and Falconer, 1969; Andrews and Ives, 
‘972; Paterson, 1972; Andrews and Peltier, 1976; 
Hughes, 1987).

Glaciers may advance into deep water by depos
ing thick sedimentary sequences at the grounding

line, building up grounding-line fans or morainal 
banks which form shoals in front of the margin (Sec
tions 8.5.2 and 8.5.3; Mayo, 1988; Powell, 1991; 
Hunter et al., 1996). Given adequate sediment flux, 
the shoal can advance, conveyor-belt fashion, in front 
of the glacier by a combination of erosion on the sub
glacial side and deposition and debris reworking on 
the subaqueous side (Fig. 8.14). The presence of the 
shoal at the glacier margin reduces losses by calving, 
allowing the glacier to advance slowly through deep 
water behind the advancing shoal. However, excava
tion of sediment behind the shoal results in erosional 
overdeepening of a depression beneath the glacier 
(Wiles et al., 1995; Bjornsson, 1996), creating a 
situation where a small recession of the margin can 
initiate catastrophic calving retreat into deepening 
water. Thus, glacier retreat from grounding-line

Retreated stable 
position

Early phase of advance 
due to moraine shoal

Advanced
stable

Retreated stable 
: position

Early phase of rapid 
retreat due to climate 
variation; terminus 
becomes unstable

Rapid retreat 
due to rapid 
calving Fig. 8.14 Patterns of glacier 

advance and retreat in associ
ation with grounding-line 
shoals. (A) Slow advance 
behind a mobile shoal which 
protects the margin from 
calving losses. (B) Rapid 
retreat into deep water, leav
ing the shoal abandoned at 
the maximum position. (From 
Warren, 1992, after Mayo, 
unpublished)



282  G -д

shoals tends :o be rapid, in contrast to advance by 
shoal migration, which is limited by sediment 
throughput rates and tends to be slow. The initial 
recession can be climatically triggered, or reflect sed
iment dynamics in the shoal. For example, rapid 
retreat of Muir Glacier, Alaska, appears to have been 
triggered by collapse of its morainal bank during the 
1S99 earthquake (Hunter el al., 1996).

8.3 WATER-BODY 
CHARACTERISTICS
The input of meltwater and sediment from glaciers 
profoundly influences the characteristics of glacier- 
fed lakes and marine environments, including the 
vertical distribution of temperature and density and 
the orientation, strength and depth of currents. In 
turn, these water-body characteristics exert strong 
controls on processes and patterns of sedimentation. 
Although there are many similarities in the water 
characteristics of deep lakes and the sea, the influ
ence of salinity and tidal movements in glacimarine 
environments results in very distinctive differences.

8.3.1 Lake stratification

Patterns of sediment transport and water flow in lakes 
are strongly dependent on the vertical temperature 
profile, or thermal structure, of the lake water. Par
ticularly important is the relationship of water den
sity to temperature. Pure water at atmospheric 
pressure has a maximum density of 1000 kg m at 
a temperature of 3.98°C; above and below this tem
perature the density decreases (Fig. 8.15A). The rate 
of change in density increases as the temperature 
moves further away from 3.98°C, so that the density 
difference caused by a change from 19 to 20°C is 20 
times greater than that caused by a change from 4 to 
5°C. The influence of temperature on water density 
means that water bodies with different temperatures 
will have different buoyancies, and that variations in 
temperature with depth will subject a water body to 
vertical stacking according to the different densities 
produced. Because it is thermally induced, this strat
ification caused by density variation is referred to as 
thermal stratification.

Surface heating of a lake by solar radiation creates 
a warm upper layer overlying cold, denser water. The 
form of the temperature-depth curve, however, virtu-

Temperature °C 
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Temperature °C' 
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Fig. 8.15 Temperature characteristics o f lake 
water. (A) Relationship between tem perature 
(°C) and density (kg m "3) fo r  pure water. (B) 
Temperature pro file  resulting from  surface 
heating and w ind-m ixing. (C) Hypothetical 
evolution o f the thermal structure o f a deep 
lake between (a) midsummer and (e) winter. 
Curve (d) shows isothermal conditions result
ing from  lake overturn in autumn and spring. 
(From N.D. Smith and Ashley, 1985. Repro
duced by permission o f SEPM)
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illy never has the smooth exponential form that might 
be expected from Fig. 8.15A, because of vertical 
nixing processes caused by several factors. First, the
• ater surface can be cooled by evaporation, back- 

radiation and sensible heat loss, setting up transient 
convection currents in the surface water layer accor
ding to the time of day and weather conditions. Sec- 
nd. winds will generate turbulence in the water 

column, and this initiates mixing and the downward 
transfer of heated surface waters.

A combination of surface heating and vertical 
mixing produces a characteristic three-layer water 
column (Fig. 8.15B; Smith and Ashley, 1985). The 
-pper layer (the epilimnion) consists of warm, low- 
:ensity water, which is generally isothermal owing to 
rfricient vertical mixing. The lower layer, or

polimnion, is made up of cold, dense and relatively 
ndisturbed water. These two layers are separated by 

:he metalimnion or thermocline, which is a zone of 
rapid temperature change. The depth of the thermo- 
. :ne is dictated by factors such as intensity and dura- 
on of solar radiation, the temperature and location 
f inflowing water, the presence of chemically strat- 
~ed layers and, usually most importantly, wind 
•Tength. It has been shown by Ragotzkie (1978) that 
-kes with larger fetches have thicker midsummer 
-Tilimnions. Because of variability in wind activity, 
'eating and cooling, the epilimnion may contain sev
eral smaller and short-lived thermoclines.

The thermal stratification depicted in Fig. 8.15B 
'̂ presents the midsummer situation when maximum 
-'.ability is attained in the water column. The thermal 
-.ructure of deep temperate lakes, however, changes 
'irough the year in response to variations in the
- ".ergy balance (Fig. 8.15C). The midsummer curve
- begins to change shape in late summer or early 

-ctumn when the lake surface waters begin to cool, 
;eepening the thermocline (curves b and c). Sinking
- x>l water sets up convection, progressively destab- 
:zing and cooling the whole epilimnion. Curve d

'̂ presents the situation in late autumn, when full- 
-rp th  mixing has occurred and epilimnion tempera- 
rares have fallen to those of the hypolimnion. This 
rrocess is known as overturning, and it produces an 
'Othermal water body. Continued heat loss and 
mixing cool the lake to 4°C or less, but this rarely 
.reates a reverse thermocline because of the very 
-•nail density changes in the 0°-4°C temperature 
~-mge (Fig. 8.15A), which are easily broken down 
b\ the wind. Ice formation (e) will occur once the
• irface layer reaches 0°C, but only if vertical mixing 
' suppressed during calm weather. Once this ice dis- 

-rpears in the following spring, the surface water 
ill warm to hypolimnion temperatures and the lake 

» ill once again experience isothermal mixing fol
ded by thermal stratification. This means that 

rmperate lakes go through two overturning periods

in spring and autumn, and are thus referred to as 
being dimictic.

Monomictic lakes circulate only once per year, and 
can be subdivided into warm and cold varieties 
(Hutchinson, 1957). Warm monomictic lakes experi
ence winter circulation above 4°C and have been 
reported from New Zealand, where the mild mar
itime climate prevents surface ice formation but 
allows the development of deep thermoclines (Irwin 
and Pickrill, 1982; Pickrill and Irwin. 1982). Cold 
monomictic lakes undergo summer circulation below 
4°C, and this is thought to be the situation in some 
ice-contact lakes (Churski, 1973; Harris, 1976). 
Some lakes at high latitudes may be subject to dif
ferent thermal conditions from year to year, because 
of the variability of duration and timing of the 
short ice-free season. For example, Hobbie (1961) 
reported a lake that varies from dimictic to cold 
monomictic from year to year. Some lakes may cir
culate at various times because of a lack of thermal 
stratification, and are referred to as polymictic 
(Gilbert and Church, 1983). Finally, very shallow 
lakes will not develop any thermal stratification 
because winds will continually mix the water column 
(Brewer, 1958).

The above examples are known collectively as 
holomictic lakes, which circulate completely to the 
bottom during at least part of the year. In contrast, 
meromictic lakes contain bottom water which is 
stabilized by dissolved material and which remains 
partly or wholly unmixed with overlying water, pro
ducing chemical stratification. As glacial meltwater 
generally has a low dissolved content, meromictic 
lakes are not well represented among glacier-fed 
lakes. However, meromictic lakes are common in 
basins recently isolated from the sea by glacio- 
isostatic rebound or still maintaining some contact 
with sea-water (Hattersley-Smith and Serson, 1964; 
Harris, 1976; Retelle, 1986b).

In glacier-contact lakes, the continuous supply of 
water at 0°C by channelled inflow, direct glacier- 
melting or melting icebergs will at the very least 
modulate the temperature. Quite often the cold water 
influx will inhibit or disrupt the formation of a ther
mal stratification of the water column, as outlined 
above. Churski (1973) has reported on the effects 
of subaqueous injections of cold water and ice- 
marginal melting into ice-contact lakes in Iceland 
(Fig. 8.16). These disruptions may grade downlake 
into thermally stratified water if the lake body is 
large enough.

Lake stratification also occurs as a result of varia
tions in suspended sediment concentration, termed 
sediment stratification by N.D. Smith and Ashley
(1985). Studies of Peyto Lake, Alberta, and Mala- 
spina Lake, Alaska, have revealed gradual increases 
in suspended sediment with depth i Gustavson,
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Fig. 8.16 Examples of the influence of glacier proximity on 
the thermal structure of glacier-contact lakes in Iceland, (a) 
Disruption of the thermal structure of Jokulsarlon by the 
injection of cold, dense meltwater below the lake surface. 
The glacier snout is 450 m to the left of the profile (after 
Harris, 1976). (b) Water-cooling adjacent to the margin of 
Skeiderarjokull (after Churski, 1973). (From N.D. Smith and 
Ashley, 1985. Reproduced by permission of SEPM)

1975b). The processes responsible for this density 
gradient are unclear, but are thought to relate to a 
combination of the upward diffusion of sediment 
from underflows and the downward settling of sedi
ment from interflows, both of which are known to 
occur in Peyto and Malaspina Lakes.

8.3.2 Water inflow to glacier-fed lakes
In glacierized catchments, water will flow into lakes 
directly from glacier ice (via englacial and subglacial 
portals) and from both glacially fed and non-glacial 
rivers. In regions with marked seasonal temperature 
variations, maximum discharges of both water and 
sediment load occur during the summer melt season, 
with peak events coinciding with extreme weather or 
sudden releases of stored water (Sections 3.5 and 
3.9.1).

As water enters a lake, turbulent eddies along the 
inflow margins cause it to mix with lake water, pro
ducing a two- or three-dimensional expansion of the 
flow. This is coupled with an exponential decrease in 
velocity of the inflow to produce an expanding and

decelerating plume. The shape and velocity pattern - 
within the plume are governed by the discharge an; 
velocity of the incoming water, channel shape, si>- 
pended sediment concentration and, most impor
tantly, the density differences between the inflow an; 
lake waters and the density stratification of the lakr 
(Albertson et al., 1950; Bates, 1953; Rao an; 
Carstens, 1971; Bogen, 1983).

If the density of the diluted inflowing water is le<- 
than the density of the epilimnion, it will rise to th: 
surface as an overflow. In contrast, if the incomirr 
water is denser than the hypolimnion, it will flov- 
along the bottom of the lake as an underflow (Fig 
8.17). Overflows and underflows were referred to 
hypopycnal and hyperpycnal inflow, respectively, b; 
Bates (1953), who described their shape as tv. - 
dimensional plane jets. Interflows occur where the 
density of the inflowing water is intermedia, 
between the dense, cold lake bottom water and the 
low-density, warm lake surface water, and will mo\ e 
along the thermocline.

The larger the density differences between the 
inflow and lake water, the greater the energy require; 
to mix them, so that turbulent diffusion is reduce; 
This usually results in the maintenance of a discre:. 
density current through the lake. According to fie,; 
measurements, underflow velocities vary greatly, an; 
the flow may persist for hours or even days, espe 
dally in areas of high river discharges. Velocit:. 
ranging from a few centimetres per second to a fe « 
tens of centimetres per second are common (Gust; - 
son, 1975b; Lambert et al., 1976; Lambert and H'_ 
1979; Gilbert and Shaw, 1981; N.D. Smith et t. 
1982; Bogen, 1983), but values over 100 cm s~' h; e 
been reported (Lambert, 1982; Weirich, 1984). Inter- 
flow velocities have been measured at 2 to 15 cm s 
(Hamblin and Carmack, 1978; N.D. Smith, 19"- 
N.D. Smith and Ashley, 1985).

In unstratified or weakly stratified lakes where the 
inflowing water is of the same density as the lake 
water, a homopycnal inflow will result, in which th. 
incoming plume quickly loses its identity by three 
dimensional mixing (Fig. 8.17C). Homopycr_ 
inflows are typical of shallow, freely circulating lake 
which receive inflowing water of constant densit 
conditions which are not common in glacier-fe; 
lakes. However, lakes fed by the lower stretches 
glacier meltstreams, especially when further lake 
act as sediment traps upstream, may receive horn 
pycnal inflows. Quite often in these situations, me re 
than 80 per cent of the sediment entering the 111- ; 
leaves it again at its outlet because the inflow.-, 
water is of approximately the same temperature an; 
the same suspended sediment concentration as the 
lake water, and so mixing occurs quickly and waier 
stratification is inhibited (N.D. Smith et al., 1982 
As the sedimentation rates in such lakes are very I и.
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Fig. 8.17 Density stratification in glacier-fed lakes. (A) Thermal stratification, showing the positions of overflows, interflows 
and underflows. This situation is most common in non-glacier-contact lakes. (B) Sediment stratification, typical of glacier- 
contact lakes.1 (C) No stratification. (From N.D. Smith and Ashley, 1985. Reproduced by permission of SEPM)

relative
density
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the bottom sediment is commonly mixed by the 
action of organisms living on the lake bottom (bio- 
turbation', Section 8.4.6.2).

The density of inflowing water is governed by 
temperature, dissolved solute content and suspended 
sediment concentrations. The suspended sediment 
concentration is the most important source of density 
variations in inflow water, because it varies over a 
wider range and changes over shorter periods of time 
than temperature, which varies over longer periods 
of days to months. Variability of inflow type and 
mixing patterns will relate to seasonal and weather- 
dependent stream discharges, stream temperatures, 
suspended sediment concentrations and seasonal 
changes in lake thermal stratification. In some lakes 
this may result in the production of different inflow 
types at different times of year (Carmack et al., 
1979; Pickrill and Irwin, 1982). Where discharge and 
density vary rapidly, overflows, interflows and under
flows may coexist for short periods (Gilbert, 1973, 
1975; Irwin and Pickrill, 1982; N.D. Smith et a l,
1982).

8.3.3 Water stratification and inflow in 
glacimarine environments
Fresh water is less dense than sea-water, so that 
meltwater entering glacimarine environments is rela
tively buoyant and will flow along the surface as an 
overflow or meltwater plume. The resulting water

column has a two-layer density structure separated 
by the pycnocline, although this can be complicated 
by undercurrents and influxes of water from sub
basins separated by topographic barriers to produce 
multilayer circulation (Syvitski et al., 1987). Under
flows are rare in the glacimarine environment, 
because they require abnormally large suspended 
sediment concentrations to reduce buoyancy. Sus
pended sediment concentrations in subglacial 
streams are normally too low to compensate for the 
high densities of saline ocean water (Gilbert, 1983).

Water discharging into the sea from subglacial and 
englacial tunnels is subject to two sets of forces: (a) 
buoyancy forces, encouraging upwelling; and (b) 
momentum forces, tending to carry the water hori
zontally through the water column (Powell, 1990). 
When discharges are low, buoyancy forces are dom
inant and the meltwater rises rapidly to the surface as 
a forced plume (Fig. 8.18 A), but at higher discharges 
the momentum forces dominate, and the efflux will 
issue as a subhorizontal je t before rising (Figs 8.18B. 
8.18C). Axisymmetric jets are formed where the 
efflux travels through the free water column before 
rising, whereas plane jets travel along the sea floor 
before upwelling to form overflow or. more rarely, 
interflow plumes.

The behaviour of a turbulent jet once it is beyond 
the tunnel mouth depends largely upon the rate of 
mixing with the surrounding sea-water Albertson et 
a l, 1950; List, 1982; Turner, 1986: Powell. 1990).
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Fig. 8.18 Patterns of meltwater discharges from tidewater 
glaciers. (A) Forced plume dominated by buoyant forces. (B) 
Axisymmetric jets developing into axisymmetric plumes as 
momentum forces give way to buoyant forces. (C) Plane jets 
developing into axisymmetric jets and plumes. ZFE: zone of 
jet flow establishment; ZEF: zone of established jet flow; 
VBF: vertical buoyant plume; HBP: horizontal buoyant 
plume. (From Powell, 1990. Reprinted by permission of the 
Geological Society of London)

Three zones have been identified (Fig. 8.18). The 
zone of flow establishment (ZFE) occurs close to the 
tunnel mouth where the centre-line velocity equals 
the outlet velocity and the centre of the jet acts as a 
plug flow. Second, the zone of established flow  (ZEF) 
begins at a distance of 6.2 X  D  from a circular outlet 
(where D  is the tunnel or pipe diameter), where the 
core velocity decelerates. In this zone, turbulent mix
ing occurs throughout the jet, and this can extend to 
beyond 200 X  D  for axisymmetric jets and beyond 
2000 X  D  for plane jets. Clearly, bottom friction and 
suspended sediment concentration will cause these 
distances to vary. At the end of the ZEF the large 
amount of turbulence forces the residual axial velo
city of the jet to decay to zero and, therefore, buoy
ancy forces take over. Third, the efflux rises in a 
vertical buoyant plume (VBP), and once at neutral 
buoyancy it becomes a horizontal buoyant plume 
HBP). The roles of various jets and plumes in pro- 
: /ing sediment to deep water bodies are discussed 
'  Section 8.4.

~ L'.eral circulation in glacimarine environments is 
_ ~ -_:ed by the seaward flow of surface meltwater

plumes from both glacier snouts and river mouths 
and compensatory landward flows of deeper saline 
water. The strength of this circulation is obviously 
linked to the intensity of meltwater inflow (Fig. 
8.19). In Arctic fjords, surface plumes of anywhere 
between 5 and 31 %o salinity and temperatures of 
2-4°С have been observed to overlie more saline, 
colder water (Lake and Walker, 1976; Schei et al.. 
1979; Elverhoi et al., 1983), but stratification due to 
subglacial meltwater efflux is uncommon around 
Antarctica.

Although surface plumes are readily visible near 
the efflux point, owing to their high suspended sedi
ment concentration, they become less pronounced 
with distance because of mixing of the plume with 
the ambient water by molecular diffusion and turbu
lent entrainment (Drewry, 1986). Equal quantities of 
water are exchanged between layers, resulting in a 
reduction of the salinity of the ocean water. The 
amount of mixing and entrainment that takes place is 
a function of the balance between the stabilizing 
forces associated with density stratification and the 
destabilizing forces associated with the velocity gra
dient across the interface of the two water bodies. 
This is defined by the Richardson number (R n):

К  = (g / p Jid ^ p Jd JK d ^ U Jd J2 (8.4
where g is gravitational acceleration, pw is water 
density, Uw is water velocity, dwc is the depth in the 
water column, (p J d J  is the vertical density gradien; 
and (dwcUv/dz) is the vertical velocity gradient.

Fig. 8.19 A vertical velocity profile through the upper le.- 
els of a typical fjord. Meltwater is added to the surfa:€ 
layer, which flows seawards (left to right), and is compen
sated by a return flow at depth. Return flow occurs =- 
deeper levels at times of low runoff. (From Drewry, 198c
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A Richardson number of < 0 indicates that the 
water column is unstable and mixing will occur, 
whereas R n > 0 indicates stable conditions. More
over, an Rn value >0.25 would suggest that mixing 
due to shear instability is not significant (Dyer, 
1973). In the absence of strong currents and circu
lation, the melting of glacier ice in contact with 
ocean water can result in dilution, producing ice- 
proximal brackish water (Matthews and Quinlan, 
1975).

8.3.4 The role of surface ice
In glacilacustrine environments, the formation of 
surface ice in winter usually results in an abrupt 
change in surface temperatures in an otherwise sta
ble temperature profile (Section 8.3.1; Fig. 8.15). 
This combines with reduced winter meltwater dis
charge and sedimentation rates, and negligible wind 
mixing of surface water, to produce a largely 
unstratified water column. In marine settings, 
sea-ice formation has a similar considerable impact 
on sea-water stratification but for slightly different 
reasons.

Sea-ice formation during the winter will eliminate 
wind mixing of surface waters and may act to 
dampen the effects of tides and currents (Gilbert,
1983). Furthermore, as sea-water is frozen, salt is rej
ected, and this produces a homogeneous water layer 
of high salinity below the ice. This high-salinity 
layer increases in thickness throughout the winter 
as more salt is released by ice growth and there is 
vertical mixing of deeper waters (Fig. 8.20; Syvitski 
et al., 1987). At the same time, surface water tem
peratures are reduced, increasing the depth of the 
temperature maximum. In this way marine water

Fig. 8.20 Seasonal changes in water column temperatures 
and salinities in Cambridge Bay, Arctic Canada. (From Syvit
ski et al., 1987, after Gade eta/., 1974. Reproduced by per
mission of Springer)

stratification caused by meltwater efflux (Section
8.3.3) essentially breaks down during the winter in 
areas where sea-ice forms. The thickness and duration 
of sea-ice obviously vary according to climate and 
local geography and oceanography, but generally 
they both increase with latitude. Some sheltered re
entrants, such as the fjords of the Canadian and 
Greenland High Arctic, are termed frig id  in that they 
possess perennial sea-ice.

Water stratification in glacimarine environments is 
further complicated where glaciers or ice shelves 
block the mouths of fjords. Russell Fiord, Alaska, 
was transformed from an arm of the sea into a fresh
ening ice-dammed lake by an advance of Hubbard 
Glacier in 1986, with profound implications for 
water-body characteristics and marine life (Krimmel 
and Trabant, 1992). On northern Ellesmere Island, 
Canada, the Ward Hunt ice shelf has dammed 
Disraeli Fiord, creating a iid ’ of fresh water 44 m 
deep on top of relict ocean water (Keys et al., 1969; 
Keys, 1978). The salinity increases downward from 
5 to 32%o and the temperature drops from —0.6°C to
— 1.6°C at the pycnocline (Fig. 8.21).

8.3.5 Tides, currents and waves
Water column stratification and circulation in 
glacimarine environments and large glacier-fed lakes 
are affected by the actions of tides, currents and 
waves. Tidal currents and waves will also influence 
the stability and type of glacier front and the nature 
and extent of ice shelves (Sections 8.2.3 and 8.2.4). 
In general terms, tides and currents will enhance

TEM PERATURE (°C )

Fig. 8.21 Temperature and salinity profiles in Disraeli 
Fiord, Arctic Canada, due to the influence of the Ward Hunt 
ice shelf, which blocks the fjord mouth, encouraging the 
survival of a warm lid of fresh water. (From Syvitski et al., 
1987, after Keys, 1978. Reproduced by permission of 
Springer)
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turnover in the water column and so minimize water 
stratification. With respect to sedimentation processes, 
they also influence the transport of suspended sedi
ment and rework sediment on the ocean bottom (Sec
tions 8.4.6.1 and 8.5.2). The impact of tidal forcing 
on currents and circulation in glacimarine situations 
is often more important during the winter, when the 
inputs of meltwater from glacial and fluvial systems 
are at their lowest.

Glacimarine environments are affected by tides in 
a number of ways. Below the surface, tides set up 
barotropic currents which are of more or less con
stant velocity with depth. The velocity may be 
affected by bathymetry in some marine re-entrants, 
such as fjords, where sills may constrict the flow and 
increase the velocity. However, tidal current velocity 
is predominantly related to tidal range. For example, 
tidal current velocities up to 0.31 m sec have been 
measured in Glacier Bay, Alaska, which has a tidal 
range of 5 m (Matthews and Quinlan, 1975), com
pared with only 0.0027-0.0029 m sec 1 for Baffin 
Island fjords with a tidal range of 1.1 m (Gilbert, 
1982).

Tides are also seen to affect the nature of surface 
plumes. Ebb tides, which reinforce flow away from 
the shore, will lead to plume velocity increases and 
decreasing plume thickness, whereas flood tides 
counteract seaward flow and will produce thicker but 
slower-moving surface layers. Water mixing is also 
enhanced by flood tides, which can hold surface 
plumes near to the terminus of tidewater glaciers. 
Vertically stacked turbid layers within the water 
column in Glacier Bay, Alaska, have been interpreted 
by Hoskin and Burrell (1972) as flocculated sedi
ment layers resulting from each semi-diurnal tide 
(Section 8.4.3.3). Further variability in the behaviour 
of surface plumes is brought about by various inter
actions between periods of maximum stream dis
charge and ebb and flood tides. Tidal impacts on 
cyclic deposition of laminated sediment are reviewed 
in Section 10.6.2.

Surface currents are generated by wind shear. In 
glacial environments, katabatic winds blowing off
shore will influence the flow direction and the 
longevity of overflow plumes, and will also deter
mine the drift paths and drift speeds of icebergs. 
Larger-scale oceanic currents such as long-shelf cur
rents, upwellings, geostrophic currents and those 
triggered by subaqueous slope failures are also 
important in glacimarine settings, and are a function 
of land mass positioning, global ocean currents and 
' ubmarine topography. Subaqueous slope failures are 
temporally discontinuous and relatively unpre- 
_ . :.:ble. but they are capable of producing consider- 

: impacts through current activity and wave 
г.. and very large failures can initiate devastating 

j- _ _ ■ es or tsunamis (e.g. Dawson et al., 1988).

8.3.6 The Coriolis effect
Near-surface inflow plumes discharging into water 
bodies are also affected by the Earth’s rotation. 
Because of the curvature of the Earth, surface currents 
will be deflected in order to conserve angular momen
tum, an effect which is most pronounced close to the 
poles. This Coriolis effect causes plumes to be 
deflected to the right in the northern hemisphere anc 
the left in the southern hemisphere, similarly to the 
deflection of atmospheric wind systems (H.D. John
son and Baldwin, 1986; Barry and Chorley, 1992 
Plumes will be deflected until they impinge upon _ 
shoreline, along which they then flow (Hamblin anc 
Carmack, 1978). Transmissivity profiles from Lake 
Louise, Alberta, which provide a measure of th: 
amount of light transmitted through the water columr 
according to the suspended sediment concentration 
provide evidence of such a deflected interflow (Fig 
8.22; N.D. Smith and Ashley, 1985). Such inflow pat
terns have considerable effects on lake bottoir 
sedimentation patterns in a cross-lake direction 
which are superimposed on the normal proximal-d:-- 
tal downlake patterns.

8.3.7 Bathymetry
The bottom topography of both marine and lacustnr. 
basins may have considerable impact on water cin _ 
lation and associated sedimentation patterns. Com
mon topographic elements are submerged bedroo 
hills or depositional features such as moraine' - 
morainal banks, subaqueous channels, and enclose-; 
basins created by erosional overdeepening or une’-; - 
sedimentation. Local topography creates sub-bas:-* 
within larger depositional lake or marine basins. _ 
may have distinct circulation and deposition patter- > 
(Fig. 8.23). The transfer of sediment from one >_r 
basin to another will be impeded to a greater or leS'-_г 
extent depending on the depth of the topograrr ; 
barrier relative to dominant current flow (e.g. unc; - 
flows, interflows or overflow plumes). Bottom top - 
graphy has the greatest influence on the flow direc : 
of underflows, which are deflected away from tc ~ - 
graphic high points and steered towards the dee?', г 
parts of basins (N.D. Smith et al., 1982).

Water stratification in fjords can be modifiec -. 
the presence of deep, stagnant bottom water ber -. 
bedrock or sediment sills at the seaward end. T - 
salinity of this water will be related to the niir 
tude of the deep-water renewal and the strength _ -. 
mixing depths of freshwater plumes. Where a sr._ - 
low sill restricts circulation, fjord bottom water- _ : 
isolated from the open sea, and deep saline water r. . 
rarely penetrates the Ijord, thus producing eux ш  
conditions. For a thorough review of fjord circ _ . - 
tion patterns, see Syvitski et al. (1987). Where sin»
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%  Transmissivity

Fig. 8.22 Transmissivity profiles of two cross-sections of Lake Louise, Alberta, Canada, on 12 August 1975, showing an inter
flow deflected to the right-hand shore by the Coriolis effect. (From N.D. Smith, 1985. Reprinted by permission of SEPM)

low basins have been glacioisostatically lifted above 
present sea-level, the sill will help to isolate sea
water within the depression as a terrestrial lake is 
produced by uplift. This results in stratified lakes 
wherein saline bottom water can be preserved (Hat- 
tersley-Smith and Serson, 1964; Hattersley-Smith et 
al., 1970; Retelle, 1986b).

8.4 DEPOSITIONAL PROCESSES
8.4.1 Sediment inputs
Sediment can enter glacimarine and glacilacustrine 
environments from several sources (Fig. 8.24; Pow
ell, 1991; Powell and Domack, 1995). (a) Supra
glacial, englacial and subglacial debris can be 
released directly into the water in ice-contact environ
ments, from either glacier margins or calved icebergs, 
b) Unfrozen subglacial sediment can emerge from 

beneath glaciers at the grounding line, either as a 
result of localized squeeze processes or as part of 
large-scale subsole deformation, (c) Glacier melt
streams can carry sediment directly into lakes or the 
sea from englacial and subglacial portals or 
supraglacial channels. Alternatively, meltwater can 
pass through proglacial channels before entering 
standing water, (d) Sediment can also be delivered 
from non-glacial sources by rivers and slope pro
cesses. In this case, the sediment load may consist 
of paraglacially reworked glacigenic sediment (Sec
tion 7.6).

The relative contribution of sediment from these 
sources varies from basin to basin, depending on the 
lithology, topography and tectonic setting of the 
catchment, glacier activity and morphology, and the 
climatic regime. Glacier meltstreams are generally 
by far the most important sediment source at temper
ate glacier margins (Powell and Domack, 1995; 
Hunter et al., 1996). In such settings, thick, debris- 
rich basal ice is rare, and basal sediment is effec
tively flushed out by subglacial streams, so that 
direct sediment input from debris-rich ice or icebergs 
tends to be of minor importance. In contrast, ice 
shelves may have thick sequences of basal debris- 
rich ice, much of which can directly enter the water 
following basal melting. Glaciers originating in 
mountain terrain commonly have extensive covers of 
supraglacial debris, which can enter lakes and the sea 
by gravitational or glacifluvial processes.

The overall magnitude of sediment supply is also 
highly variable. Calculated sedimentation rates for 
proximal glacimarine environments range from 
30-100 mm yr ' in Svalbard (Elverhoi et al., 1983) 
to 2000-9000 mm yr for Alaskan fjords (Powell, 
1983a). Extreme values of 13,000mm yr 1 were 
reported by Cowan and Powell (1991) for an ice- 
proximal basin in front of McBride Glacier, 
Alaska.

8.4.2 Deposition from jets
Where subglacial or englacial streams discharge 
directly into the lacustrine or marine environment, 
large quantities of fluvial bedload and suspended
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Fig. 8.23 The effects of bottom topography on sedimentation in the underflow-dominated Peyto Lake, Albe- ; 
Canada (modified from N.D. Smith et al., 1982): (A) bathymetric map showing two sub-basins and cross-profiles 
to D-D'; (B) summer sedimentation rates measured at points marked by dots; (C) mean grain size distribution sho.v 
correspondence with bathymetry; (D) transmissivity profiles along the sections A-A' to D-D' showing that the Ic. t r  
values (highest suspended sediment concentrations = stipple) are controlled by bathymetry and positions of inle: _= - 
outlet

1 .id can be transported and deposited by jets (Sec- 
:ion 8.3.3: Powell and Molnia, 1989; Powell and 
Domack. 1995). The highest sediment concentra- 
: n> in jets occur close to the efflux point in the zone
■ v. establishment (ZFE). Bedload and suspended 

-: inen t loads can be very high, and sediment can be 
--■>r.'rted out on to the lake or sea floor as hyper- 

t njrated flows or as bedload traction carpets
- : thi se in turbid subaerial streams (Section 
The coarsest sediment is deposited rapidly 
:r.e e:r! j\ point as flow decelerates, and the 
r-.a :> пчиър r:ed further by the turbid jet 

яшй я в к .  w hich maintain some momentum (Pow

ell, 1990; T.G. Stewart, 1991). In glacimarine en»i- 
ronments, fine suspended sediment is comm * i 
uplifted from the bed in buoyant plumes, promt: - s 
more rapid deposition of the coarser material. S .. 
ment deposited from jets forms sheets and char.-: - 
ized lenses of gravel and sand, which typicafl 
display rapid downstream fining. The distance 
which such fining takes place relates to the n:_r- ■ 
tude of the meltwater discharge from the tur.n; 
being greater during the melt season. Flow car. _ :si 
be erosive, scouring out channels which are _irr 
filled by renewed sediment accumulation (Ru-- 
Romanelli, 1975).
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Fig. 8.24 Model of the glacimarine sedi
mentary system, illustrating the sediment 
sources, glaciological and oceanographic 
constraints, and subaqueous processes. 
Boxes represent sediment stores and 
unboxed terms represent processes. (From 
Dowdeswell, 1987)

8.4.3 Settling from suspension

Suspended sediment in overflows, interflows and 
underflows can be transported for considerable dis
tances in lakes and the sea, and then gradually settles 
out through the water column. The processes of 
transport and suspension settling are essentially sim
ilar in glacilacustrine and glacimarine settings, 
although the salt content of sea-water and tidal 
effects introduce some important differences.

8.4.3.1 SEDIMENT DISPERSION IN OVERFLOWS 
AND INTERFLOWS
In glacilacustrine settings, overflows occur only when 
the inflowing water is less dense than the lake water, 
therefore overflows cannot carry a large amount of 
suspended sediment. This means that inflowing melt
streams with high suspended sediment concentra
tions will generally produce underflows rather than 
overflows. Furthermore, overflows will tend not to be 
produced in thermally stratified lakes but will form 
during the late spring and winter when incoming 
water is more likely to contain small suspended sed
iment loads and be more buoyant than the lake water. 
Because they occur at the lake surface, overflows are 
susceptible to wind stress, and because of the effects

of the wind are often very difficult to differentiate 
from shallow interflows.

Overflows are much more common in glacimarine 
environments, as a result of the high density of sea
water (с. 1030 kg m ') compared with fresh water (c. 
1000 kg m ). This means that incoming water can 
have suspended sediment concentrations as high 
as 30 kg m ' and still remain buoyant enough to 
form overflows. Water upwelling from submerged 
englacial and subglacial conduits can be observed at 
the termini of many tidewater glaciers in the form of 
turbid sediment plumes, surface water disturbances 
and currents (Fig. 8.25 (Plate 18); Cowan and Pow
ell, 1990; Powell, 1990; Powell and Domack, 1995).

Interflows are common in thermally stratified 
lakes, and may dominate the fine-sediment transport 
in distal lakes which receive only light sediment 
loads (N.D. Smith, 1978). Interflows will also alter
nate with the more dominant underflows in lakes 
receiving high sediment loads (Gilbert, 1975; 
Gustavson, 1975b; Wright and Nydegger, 1980). 
When viewed from the air, the outer edge of a turbid 
overflow plume can be seen to possess a very sharp 
contact with the lake water into which it is discharg
ing. This marks the position of the ‘plunge line’, 
where the plume sinks to reach lake water of similar 
density. Between the inflow point and the plunge line
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the plume spreads out two-dimensionally and decel
erates as it mixes with the lake water. The turbulence 
in the plume entrains lake water as the plume sinks. 
This increases the volume of the plume and sets up 
compensatory surface counter-currents to replace the 
water lost to the sinking plume. The plunge line 
essentially represents the convergence point of the 
lakeward-moving plume and the shoreward-moving 
counter-currents (Fig. 8.26). Once the interflow 
plume reaches the depth at which its density equals 
that of the surrounding water (usually around the 
level of the metalimnion), it spreads out horizontally. 
Clay-sized material can remain suspended in the 
interflow, owing to upward-directed currents, but the 
coarser fractions will drop out progressively in a 
downlake direction.

High density underflows are an important means 
of dispersing suspended sediment in both glacilacus
trine and glacimarine environments, and are dis
cussed in Section 8.4.4A.

8.4.3.2 SUSPENSION SETTLING
In still water, suspended particles will fall down 
through the water column with a velocity that reflects 
the buoyant weight of the particle and the drag 
forces resisting motion. The buoyant weight and drag 
forces are influenced by several factors, particularly 
the size, density and shape of the particle, and the 
density and viscosity of the water. For spherical par
ticles, the settling velocity is given by Stokes’ law:

vf = (g/18Ti)(pp - p JD 2 (8.5)

where vf is the velocity of fall, g is gravitational 
acceleration, t) is water viscosity, pp is particle den
sity, pw is water density, and D  is grain diameter.

This shows that fall velocity increases with particle 
size and the density difference between the particle 
and the water, and decreases with the water viscosity. 
Fall velocities are large for large particles, and very 
small for small particles, as is strikingly demon
strated by considering the settling of quartz spheres 
through salt water (Allen, 1985). Terminal settling

: : :_26 inflow plumes in Peyto Lake, Alberta,
Li : : г ng s?arp contacts between lake water and

rs 'jm e s  с ^nge points). (From N.D. Smith 
- : ' r 55 Repr nted c_. Dermission of SEPM)

velocities are 0.00979 m sec-1 for a 100 pm particle 
(fine sand), 0.0000979 m sec 1 for a 10 pm particle 
(silt), and only 0.000000979 m sec 1 for a 1 pm cla\ 
particle. At these rates, settling times through a 100 m 
column of salt water are approximately 3 hours (fine 
sand), 11 days (silt) and 3 years (clay). Since parti
cles will remain in suspension if vertical motions in 
the water equal or exceed the settling velocity, it is 
easy to see that fine particles can be transported for 
considerable distances in well-mixed waters.

The density term in Stokes’ law shows that pani
cles will settle more rapidly in fresh water than in sal: 
water. Additionally, particles with high density, such 
as iron-rich minerals, will settle out more rapidh 
than low-density particles of the same size. Settling 
velocities for non-spherical particles will differ fror 
those calculated by Stokes’ law. Platy particles, such 
as shell fragments, mica flakes and single clay pani
cles, settle more slowly, owing to their high surface 
area relative to their volume (Allen, 1984, 1985).

8.4.3.3 FLOCCULATION AND PELLETIZATION
The behaviour of suspended clay particles in sea-wate - 
is strongly influenced by the process of flocculati, 
or the bunching of clay particles into aggregates calle j 
floccules ox floes. Flocculation takes place when the 
repulsive charge that normally exists between cL 
particles is reduced by the electrolytic action of >_ 
water, allowing particles to stick together if they с  - 
lide (Lerman, 1979; Drewry, 1986). A salinity 
only 3-4%o will promote flocculation (Kranck, 19~r 
The larger floccules sink faster than isolated clay p. ' 
tides, causing them to be deposited alongside fine 
silts. Floccule sizes increase with water depth anc 
salinity, and Syvitski and Murray (1981) ha . 
observed floccules of 10-70 pm in a glacier-fed fjc 
in British Columbia.

Aggregation of clay particles also occurs by the 
production of faecal pellets by zooplankton (Syvitsio 
et al., 1987). This pelletization can produce agglom
erations up to 100 pm across (Syvitski and Мшт^
1981), and faecal pellets comprise up to 18 per Cc'C 
of the suspended particulate matter in the waters jus* 
offshore of the Ross ice shelf, Antarctica (Carter n  
al., 1981). Similar processes operate in glacilaeL - 
trine environments, and N.D. Smith and Syvitsij 
(1982) have reported faecal pellets produced by se_ 
iment-ingesting zooplankton in Bow Lake, Canaa_ 
These pellets promote the deposition of fine silts a' _ 
clays which would otherwise remain in suspend 
until they were flushed out of the lake system.

A final process of particle aggregation is agglor 
eration, or the attachment of mineral grains :> 
organic detritus by cohesion (Syvitski et al., 198' 
This process is unimportant in ice-proximal envirc г 
ments where suspended sediment concentrations a'.
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high and organic content is low, but may be impor
tant for the removal of fine clay particles from the 
water column in distal settings.

8.4.4 Gravitational processes
Gravitational mass movements are very important 
agents of sediment transfer and deposition in many 
glacilacustrine and glacimarine environments, partic
ularly where unconsolidated debris rests on steep, 
potentially unstable slopes. As for terrestrial slope 
failures, several distinct types of subaqueous mass 
movement can be recognized (Stow, 1986; Nemec, 
1990; Prior and Bornhold, 1990). Here, we describe 
three basic types: (a) sediment gravity flows (includ
ing cohesive and cohesionless debris flows and tur
bidity currents); (b) debris falls', and (c) slumps and 
slides (Fig. 8.27).

8.4.4.1 SEDIMENT GRAVITY FLOWS
Sediment gravity flows or mass flows are sediment- 
water mixtures that flow downslope under the force

Fig. 8.27 Range of gravity-driven sediment transport 
processes on subaqueous slopes. The velocity profiles are 
schematic and not to scale. (From Nemec, 1990. Reproduced 
by permission of Blackwell)

of gravity. Subaqueous flows can consist of debris 
introduced directly into standing water from ice 
margins or meltstreams, or material remobilized by 
subaqueous slope failures. As for subaerial flows, 
movement occurs when the stresses imposed by the 
weight and surface gradient of the material exceed 
its yield strength (Section 6.5.3.1). High stresses 
and flow mobilization may be triggered by high 
deposition rates, slope oversteepening by ice-push 
or erosion, iceberg calving, wave impacts or even 
earthquake shocks. In glacilacustrine and glacima
rine settings, mass flows result in the rapid, strongly 
episodic transfer of large amounts of debris, which 
can build up thick sediment successions. Flows can 
also be erosive, scouring out pre-existing sediment 
and depositing it further downslope.

Subaqueous mass flows can exhibit a range of flow 
behaviour depending on their grain size distribution, 
density and strength (Middleton and Hampton, 1973; 
Enos, 1977; Nemec and Steel, 1984; Postma, 1986; 
Nemec, 1990). An important distinction can be made 
between debris flows, which are high-concentration 
plastic slurries, and turbidity currents (or fluidal 
flows), which are rapidly moving turbulent under
flows. These two types can be further subdivided 
according to the dominant flow mechanism, although 
it should be recognized that one flow type can evolve 
into another as a result of changes in water content 
and strength during flow (Hampton, 1972; Prior and 
Bornhold, 1989; Nemec, 1990). Here, we describe 
mass flows under three headings: (a) cohesive debris 
flows; (b) cohesionless debris flows; and (c) turbidity 
currents (Postma, 1986). The distinction between 
cohesive and cohesionless flows is important, 
because the presence or absence of matrix cohesion 
strongly influences flow behaviour and the character 
of the resulting deposits (Nemec and Steel, 1984; 
Postma, 1986; Nemec, 1990).

8.4.4.2 COHESIVE DEBRIS FLOWS
Cohesive subaqueous debris flows contain some clay 
matrix material which, when mixed with water, acts 
as a fluid with cohesive strength (A.M. Johnson, 
1970; Middleton and Hampton, 1973). Large clasts, 
boulders and blocks of pre-existing sediment can be 
rafted along at high levels of the flow, partly because 
of the cohesive strength of the matrix and partly 
because particles enveloped in a dense slurry have 
low buoyant weight (Rodine and Johnson, 1976). 
The upper part of the flow commonly consists of a 
semi-rigid 'plug' riding passively on a thin basal shear 
zone, as for Type I subaerial flows (Section 6.5.3.1; 
Lawson, 1981b, 1982). Unlike subaerial flows, how
ever, the uppermost parts of subaqueous cohesive 
flows can become diluted during flow, owing to 
turbulent mixing with the overlying water column.
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This can cause transformation of part of the flow into 
a low-density. turbulent underflow, altering the char
acteristics of the final deposit (Hampton, 1972).

The velocities of cohesive debris flows increase 
non-linearly with shear stress. Increasing shear 
stresses also cause thickening of the basal shear zone 
at the expense of the plug zone, and for high stresses 
(or low-strength flows) the plug zone may disappear, 
as for Type IV  subaerial flows. Deposition occurs once 
the shear stress falls below the shear strength again 
and the basal shear zone thickness shrinks to zero, a 
process known as freezing. This has nothing to do with 
the transformation of water to ice, so when flow 
behaviour in glacial environments is being described, 
the term ‘freezing’ should be used with caution.

8.4.4.3 COHESIONLESS DEBRIS FLOWS
Cohesionless debris flows are high-concentration, 
non-turbulent flows in which cohesion contributes 
little or nothing to sediment strength. They tend to 
occur in sandy and gravelly materials (Nemec and 
Steel, 1984; Postma, 1986; Nemec, 1990). Grains are 
supported during transport by one or more mecha
nisms, including: (a) dispersive pressure, or the 
upward component of the pressure exerted by neigh
bouring shearing grains; (b) buoyancy effects due to 
the density of the surrounding matrix, which makes 
grains lighter than they would be in water; and (c) 
liquefaction and fluidization, or the upward move
ment of pore fluid during dewatering (Middleton and 
Hampton, 1973; Lowe, 1976b; Nemec, 1990). Vari
ous subtypes of cohesionless debris flows have been 
defined on the basis of the dominant particle support 
mechanism during transport, including grain flows, 
fluidized flows and liquefied flows, although these 
mechanisms rarely work in isolation (Middleton and 
Hampton, 1973; Lowe, 1979; Nemec and Steel,
1984). Cohesionless debris flows can originate by the 
failure of cohesionless materials on subaqueous 
slopes, or by the gravitational transport of sediment 
delivered to subaqueous slopes by stream flow or 
dumping from glacier margins.

The grains in cohesionless flows move by sliding, 
rolling, bouncing and rattling off one another. The 
upward dispersive pressure exerted during movement 
-Ljses expansion or dilation of the flowing mass and 
:ends to force larger particles to the surface. This 
p r cess can be illustrated by shaking a bowl of sugar 

-ring the larger particle aggregates (produced by
- >e who insist on dipping wet spoons into the 

'• '. i to the top. At the same time, finer particles are 
_'ed to the base of the flow through the gaps 

een larger particles, a process known as kinetic 
. The overall effect of these vertical move-
- : produce inverse grading or upward coars-

•. ‘ '.he flow.

Liquefied flows are triggered by elevated porewater 
pressures associated with transient shocks, such 
iceberg calving events, earthquakes, and suddr- 
loading by overpassing sediment. These shocks w: 
cause the grains to be suspended in fluid for a sh - 
period during which flow is possible. As grains beg 
to settle out and regain contact with each other afie* 
the initial shock, they displace porewater upward 
This means that a liquefied flow will ‘freeze’ frc - 
the bottom upward. Commonly, the upwards flow 
water is not uniform and is concentrated in pip;-- 
producing sand volcanoes on the surface and ball ar. _ 
pillow structures within the sediments. The temp - 
rary suspension or upward movement of grains bj 
escaping fluid is called fluidization or dewaterii: - 
and is not synonymous with liquefaction, whim 
refers to the downward settling of grains through tr . 
fluid (Lowe, 1976b).

The morphology of cohesionless flows genera, 
consists of an upper erosive channel and a Iov. - 
depositional lobe (Prior and Bornhold, 1990). O  
steep slopes, cohesionless flows may grade ir: 
debris falls (Section 8.4.4.5) and exhibit downslop; 
coarsening or fall sorting, owing to the tendency f - 
the larger particles with most momentum to tra'. _ 
furthest.

8.4.4.4 TURBIDITY CURRENTS (UNDERFLOWS)
In turbidity currents (also known as underflows or r 
idal mass flows), particles are kept aloft within tr. e 
flow body by turbulent suspension (Middletr r 
1966a, b, c). The suspended particles render the flc 
denser than the surrounding water, causing it to me. e 
downslope along the bed. Turbidity currents are su_- 
divided into head and tail regions, the head being 1 5 
to 2 times the thickness of the tail (Fig. 8.28). The tur
bulent head moves downslope, mixing with the am: - 
ent water, and requires constant transfer of den'-.- 
fluid from the tail to maintain momentum. This can he 
sustained for hours where the turbidity current is fe. 
by dense underflowing meltstreams, but most flow ■ 
eventually dissipate once the influx of suspended sed
iment from the initiating disturbance is exhausted.

Sediment is transported by turbidity currents eithe- 
as suspended load or as bedload swept along by the 
overpassing density current. As flows decelerate, par
ticles settle out of suspension and become part of the 
bedload or the static bed. The higher settling veloci
ties of larger particles (Section 8.4.3.2) mean tha 
they will be deposited first, while finer materia 
remains in suspension, resulting in normal gradi/u 
or upward fining. Turbidity currents can also be ero
sive, scouring bottom sediments to form subaqueous 
channels, often bounded by levees (Brodie and Irwin. 
1970; Lambert, 1982; Carlson et al., 1989, 1992. 
Prior and Bornhold, 1990).
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HIGH-DENSITY TURBULENT FLOW

AM BIENT W A TER LO W ER-O EN SIT Y  
TU RBU LEN T  SU SPEN S IO N

H IG HER-D EN SITY  
TU RBU LEN T  SU SPEN S IO N

V e lo c ity  of 
the head is 
108

strong pressure 
gradient in the 
head of the flow

at 1-second distance 
from the flow  head

L A M I N A R

I N E R T I A - F L O W

V e lo c ity  p rofile  
a t 2-seconds distance 
from the flow  head

8.28 Main characteristics of a high-density turbidity current, drawn from a laboratory-generated flow. (From Postma et al., 
1988b. Reproduced by permission of Elsevier)

Turbidity currents can be initiated in at least three 
different ways (Nemec, 1990):
1. They may form directly from sediment-laden 

meltwater discharging from meltstreams or sub
merged conduit mouths, in the form of hyperpyc- 
nal underflows (Section 8.3.2). Such underflows 
are important agents for transporting and deposit
ing sediment in glacier-fed lakes, but are less 
common in glacimarine environments, because 
suspended sediment concentrations in meltwater 
inflows are not usually large enough to overcome 
buoyancy effects (Section 8.3.3). In glacier-fed 
lakes, the sediment-laden inflowing water is often 
considerably denser than the lake water, and 
quasi-continuous underflows occur as a result. 
Such underflows are generated during maximum 
melt periods, when the thermal stratification of 
the lake water can be totally overwhelmed.

2. Turbidity currents may evolve less directly, by 
intense sediment fallout from suspension plumes, 
which can blanket large areas of subaqueous 
slopes with dense, mobile suspensions (Syvitski 
and Farrow, 1989). This situation is most common 
in proximal glacimarine environments where there 
is abundant material in high-level suspension.

3. They may evolve from the progressive downflow 
dilution of debris flows, resulting from turbulent 
mixing with the overlying water column (Hamp
ton, 1972). Such sediment failures are usually asso
ciated with high sedimentation rates at subaqueous 
ice-proximal or ice-contact depocentres such as 
fans and deltas.

Flow in case 3 will tend to occur in short-lived 
surges, whereas cases 1 and 2 range from brief

surges to more or less continuous ‘streams’ flowing 
for hours or days (Prior et al., 1987; Nemec, 1990).

8.4.4.5 DEBRIS FALLS
Wherever subaqueous slopes are very steep, sedi
ment may be subject to rapid downslope movement 
by debris fa ll, similar to rockfall in terrestrial envi
ronments. The term grain fa ll is also used in the lit
erature, although Nemec (1990) has suggested that it 
be avoided because of its use in reference to suspen
sion sedimentation. Debris may fall as single parti
cles or as masses of strongly dispersed particles; 
each particle is driven in a downslope direction by its 
own momentum and will bounce, slide or roll when 
impacting the bottom. Therefore, debris fall sedi
ments will display a downslope coarsening similar to 
the fall sorting that occurs on terrestrial scree slopes 
(Fig. 8.29). In addition, a fining-upward or normally 
graded sequence may be produced by a debris fall, 
owing to the tendency for larger particles to be 
deposited first and then to be overrun by the finer- 
grained tail of the avalanche.

8.4.4.6 SLUMPS AND SLIDES
As for subaerial environments, sediment on subaque
ous slopes can fail along internal shear planes, and 
undergo downslope transport as slumps or slides 
(Stow, 1986; Prior and Bornhold, 1988: Nemec. 
1990). Slide sheets undergo variable amounts of 
internal deformation, and may disaggregate during 
transport and evolve into debris flows. The\ are iden
tifiable on images of present-day sea and âke floors 
from transverse compressional ridge' on the slide
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Fig. 8.29 Schematic depositional characteristics of debris falls. (From Nemec, 1990. Reproduced by permission of Blackwe

surface, which may mark the surface trace of dipping 
shear faults within the slope.

8.4.5 Melt-out from ice shelves and 
icebergs
Debris ranging in size from clay and silt up to boul
ders can be introduced directly to ice-contact 
glacilacustrine and glacimarine environments by 
melt of debris-rich ice beneath ice shelves or dump
ing from icebergs. In the case of iceberg dumping, 
debris may be transported hundreds or even thou
sands of kilometres from the ice margin prior to 
deposition, thus providing a very efficient form of 
debris dispersion.

8.4.5.1 ICE RAFTING
Debris can be rafted out into lakes and the sea by 
floating ice, to be released into the underlying water 
column as the ice melts. In addition to icebergs 
derived from glacier and ice shelf margins, sea- and 
lake ice can also transport considerable quantities of 
debris. Clastic material in ocean sediment cores is 
often interpreted as an indicator of expanded glaci
ers. but other forms of rafting should be considered 
iClark and Hanson, 1983; Sejrup et al., 1984;
Reimnitz and Kempema, 1988; Gilbert, 1990).

Bergs calved from glaciers may contain englacial 
r -ubglacial debris bands or spreads of supraglacial 

iebns i Powell and Domack, 1995). Abundant debris
• : ■ ?:cal of bergs derived from valley and outlet 

r in high-relief terrain, surging glaciers and
. 'Ubpolar glaciers. In contrast, bergs from ice 

_r;ins. generally have low debris concentra- 
much of the basal debris may have

been lost by basal melting prior to calving (Drew г 
and Cooper, 1981).

Sea- and lake ice rafting can be subdivided int 
active and passive types (Fig. 8.30). Active sea/lakt 
ice rafting involves either: (a) freezing of bottoir 
sediment directly on to thickening surface ice (Lau- 
riol and Gray, 1980); (b) the incorporation of sus
pended sediment directly into forming sea- or lake ice 
(Campbell and Collin, 1958; Ackley, 1982; Barnes t 
al., 1982; Dionne, 1984; Reimnitz and Kemperr.̂
1987, 1988); or (c) formation of anchor ice on the sê . 
or lake floor (Dayton et al., 1969; Reimnitz et a. 
1987; Reimnitz and Kempema, 1988). In contra'- 
passive sea/lake ice rafting involves the deposition : 
sediment on to existing ice surfaces by: (a) rockfar.-

SOURCE PROCESS DEPOSIT

Fig. 8.30 Debris sources, transport processes and depos * 
involved in rafting in the glacimarine environment (excL; 
ing extraterrestrial and volcanic sources). (From Gilbe- 
1990. Reprinted by permission of the Geological Society 
London)



G lac ila cu str in e an d  G la c im a r in e  E n v ir o n m en t s  297

and avalanches from overlying slopes (Luckman, 
1975); (b) fluvial deposition on to shore-ice surfaces 
before they break up in the spring (Keys, 1978); (c) 
aeolian deposition (McKenna et al., 1986, 1986); and 
(d) littoral deposition, whereby material is moved up 
through cracks in the shore-ice during high tide 
(Dionne, 1984; Gilbert, 1990).

One other unusual form of rafting in the marine 
environment involves the lifting of clasts by marine 
algae, popularly known as seaweed. Gilbert (1984, 
1990) has demonstrated that once the alga Fucus 
vesiculosus has grown to three times the weight of the 
clast to which it is attached, it will float the clast. This 
is because the alga possesses gas-filled vesicles in its 
thalli, producing buoyancy. A large number of algae 
are also found frozen into sea-ice and anchor-ice in lit
toral areas. Although the relative importance of algal 
rafting is difficult to assess, it is responsible for the 
introduction of individual dropstones to fine-grained 
sediments far from their source area, and this is nor
mally regarded as indicative of iceberg or at least sea- 
ice rafting. The problem of equifinality here is 
exacerbated by the fact that the subpolar zone of ice

Fig. 8.31 Dropping and dumping of debris from icebergs, 
and sediment deformation by grounded bergs. (From 
Thomas and Connell, 1985. Reproduced by permission of 
SEPM)

rafting, at least in the northern hemisphere, overlaps a 
large part of the zone of algal rafting (Emery, 1963).

Drifting ice gradually melts as it is carried by 
ocean and lake currents, releasing its sediment load 
into the underlying sediment column (Fig. 8.31). 
Debris release from individual bergs is typically 
episodic, reflecting fragmentation and overturning 
events triggered by changes in the shape and centre 
of gravity of the melting berg. As icebergs overturn, 
any debris that has accumulated on the surface is 
suddenly dumped into the water. The amount of frag
mentation and overturning decreases with distance 
from the coast as icebergs slowly attain equilibrium 
positions with low centres of gravity (Bellar et al., 
1964; Ovenshine, 1970; Orheim, 1980). A typical 
debris release history for a tabular iceberg is shown 
in Fig. 8.32 (Drewry and Cooper, 1981; Dowdeswell,
1987). Most of the sediment is released by the berg 
within the first 200 km of the ice margin, and the berg 
is essentially clean after 400 km. This model is based 
upon observations of icebergs at varying distances 
from the ice margin, as well as laboratory and theo
retical analyses of iceberg melting rates in water at 
0°C. Melting rates vary between 0.1 myr and 
100 m yr , depending on debris content (Martin and 
Kauffman, 1977; Gade, 1979; Budd et al., 1980; 
Russell-Head, 1980; Drewry, 1986). Calculations of 
deposition rates from suspension and ice rafting are 
presented in Table 8.1.

The most prominent impact of ice rafting is the 
introduction of coarse material to more distal loca
tions where deposition is dominated by suspension 
sedimentation from overflow and interflow plumes. 
Debris can be released and deposited in four different 
ways (Fig. 8.31; Thomas and Connell, 1985; Gilbert, 
1990). (a) Iceberg drop involves the deposition of a 
single particle, usually after release from the berg by 
melting, (b) Iceberg dumps refer to the simultaneous 
deposition of a number of particles in a single event, 
usually associated with the overturn of an iceberg and

Fig. 8.32 Hypothetical debris- 
release history of a drifting 
and melting iceberg showing 
the effects of calving, frag
mentation and overturn. 
(From Drewry, 1986)

10 KM

GROUNDING
DROP

DUMP
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Table 8,1 Qualitative estimates of variations in the distribution and quantity of 
entrained sediment in different types of ice mass

Position of debris transport

Basal Englacial Supraglacial

Ice shelves
from ice sheet ■  ■ ■ ■
via mountains ■  M l ■  ■ ■

Outlet glaciers
ice stream ■ ■ ■ ■ ■ ■
via mountains ■  ■ ■ ■ ■ ■ ■ ■

Ice cliffs
ice sheet edge ■  ■ ■ ■
near mountains ■  ■ ■ ■ ■ ■ ■

Source: D rew ry (1986) 
Sedim ent:

substantial ■ ■■ ■
m oderate ■■■
sm all a s
trace ■

the tipping of surface material into the water. Alterna
tively, concentrations of sediment from former 
englacial tunnels or crevasse fills can be released dur
ing melt-out and/or iceberg overturn, (c) Frozen 
aggregates are sediments held together by interstitial 
ice which are released when ice rafts are broken apart, 
(d) Ice-contact rafted sediments are deposited by an 
iceberg that is grounded on the sea floor.

Dowdeswell and Murray (1990) have suggested 
that five factors govern the amount of sediment 
deposited by iceberg rafting where the parent ice 
mass is a tidewater glacier: (a) the distribution and 
concentration of sediment in the parent glacier; (b) 
the rate of iceberg calving; (c) the rate of melting at 
the iceberg base; (d) the temperature of the ocean 
water; and (e) the velocity, stability and drift track of 
the iceberg. Some of these factors may counteract 
each other. For example, where sea-ice acts as a but
tress to a calving glacier, it will reduce the rate of 
calving and therefore reduce the iceberg sedimenta- 
:i n rate. This will be counteracted by the restriction 
r^ced upon the drift speed and distance by the sea- 
.e ~uttress. which will increase ice-proximal sedi- 
er.tation rates. Where icebergs are derived from ice 

oe/.es. undermelt and bottom freezing must be 
into account. Before calving takes place,

■ Crnmelt may remove basal debris, whereas bottom 
_ — :nc may protect it (Section 8.2.3.2).

c eber g  sc o u r in g

__cebe:g> _re dragged over the lake or sea
. • .the> pi ugh curved, flat-bottomed

troughs or furrows (Fig. 8.33). Large examples can 
be incised up to 20 m deep and 250 m wide, and 
stretch for several kilometres, but they are generally 
much smaller. The trough bottoms often exhibit a 
micro-topography of ridges and grooves with a relief 
of up to 30 cm. These are thought to be the product 
of dragging of bed material which has been mechan
ically incorporated into the iceberg keel. Sand volca
noes on top of this micro-topography attest to the 
liquefaction and dewatering of bed material during 
and immediately after scouring (Hodgson et al.,
1988). On either side of the main furrows, linear 
scour berms of displaced blocky material can reach 
heights of 6 m. The chaotic criss-crossing of iceberg 
furrows reflects the varied drift patterns of icebergs 
on the lake or ocean surface (Fig. 8.34). These can be

Fig. 8.33 Iceberg plough mark on the floor of a former 
lake, Eyjabakkajokull, Iceland. (Photo: C.M. Clapperton)
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Fig. 8.34 Side-scan sonar image of iceberg plough marks 
on the Barents Shelf. (From Solheim, 1991. Reproduced by 
permission of the Norsk Polarinstitutt)

affected by winds as well as dominant current pat
terns. The deformation structures created by iceberg 
ploughing are described in Section 10.6.4.

8.4.6 Reworking by currents and 
biological activity

8.4.6.1 CURRENT REWORKING

Lake and sea currents are generated by a number of 
mechanisms including wind shear, tides, storm 
waves, long-shelf currents, upwellings, geostrophic 
currents, glacier and iceberg melting, and subaque
ous sediment gravity flows. Generally, currents that 
reach the bottom of a water body tend to winnow the 
fine-grained materials and leave coarse lag deposits, 
termed a palimpsest lag by Powell (1984). They may 
also erode pre-existing material to produce erosional 
contacts or cross-cutting relationships between sedi
mentary units. Particularly erosive sediment gravity 
flows may be capable of scouring small-scale bed- 
forms or flute marks similar to those produced in 
fluvial environments (Pettijohn and Potter, 1964; 
Dzulynski and Walton, 1965; Allen, 1971a).

8.4.6.2 BIOTURBATION
Disturbance of sediment by bottom-dwelling marine 
organisms is referred to as bioturbation. The wide 
range of structures produced by bioturbation are usu
ally called trace fossils, and where they can be rec
ognized and assigned to species are often termed 
lebensspuren. A classification scheme suggested by 
Seilacher (1953) includes five different types of 
lebensspuren in soft bottom sediments: (a) resting 
traces, where creatures rest in one place for a period 
of time; (b) crawling traces, made by animals mak
ing their way across the bed (Fig. 8.35); (c) browsing 
traces made by animals searching for food on the 
sediment surface; (d) feeding structures, which 
include burrows and similar structures created by 
organisms moving through the sediment for food: 
and (e) dwelling structures, where organisms create 
semi-permanent burrows. The various forms of trace

Fig. 8.35 A trace fossil from Holocene glacimarine silts in 
Clements Markham Inlet, north-east Ellesmere Island, Arctic 
Canada. The markings are on a bedding plane that has 
been opened like a book (left surface is imprint, right sur
face is cast). The central marking was made by the side-to- 
side motion of a fish's tail and the outer imprints were 
made by the pushing movement of its fins. A further 
unidentified trail crosses the fish trail from top to bottom. 
(Photo: T.G. Stewart)

fossils are illustrated in most sedimentology texts 
(e.g. Crimes and Harper, 1970; Reading, 1986; 
Reinick and Singh, 1980; Allen, 1982a; Leeder,
1982).

Because of the high sedimentation rates in proxi
mal glacilacustrine and glacimarine environments, 
bioturbation is not usually intensive. Bioturbation 
can, however, result in the partial or complete 
destruction of primary depositional structures in 
more distal positions where sedimentation rates are 
low (Gilbert, 1982).

8.5 DEPOSITIONAL 
ENVIRONMENTS
There is a very wide range of glacilacustrine and 
glacimarine depositional environments, ranging from 
the margins of small ice-marginal lakes in glaciated 
valleys to the floors of the deep oceans. For the pur
poses of description, however, it is useful to group 
them into five general types: (a) grounding-line fans; 
(b) morainal banks: (c) grounding-line wedges 
beneath ice shelves: (d) deltas; and (e) distal envi
ronments.

8.5.1 Grounding-line fans
Grounding-line fans (also known as subaqueous out
wash fans'. Rust and Romanelli, 1975) are fan
shaped depocentres formed where subglacial and 
englacial streams emerge at subaqueous conduit 
mouths (Fig. 8.36; Powell, 1990; Powell and
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Domack, 1995). Coarse bedload is deposited close to 
the tunnel mouth as the efflux jet decelerates, build
ing up steep, unstable slopes at the glacier margin. 
Slope failures and renewed sediment discharge from 
the tunnel mouth feed mass flows that transport sed
iment radially away from the margin. Flows are 
likely to be cohesionless, owing to the removal of 
fine-grained matrix material in suspension. As flows 
travel over the fan surface, turbulent mixing with the 
overlying water results in their progressive dilution, 
and they may evolve into turbidity currents.

In glacimarine environments, buoyant forces cause 
sediment-laden meltwater to detach from the bed and 
rise as turbid plumes (Section 8.3.3). Upward veloci
ties can be high enough to transport particles as coarse 
as medium sand to the surface (Cowan et al., 1988; 
Cowan and Powell, 1990). The suspended sediment 
spreads laterally until it is able to settle through the 
water column. On the basis of detailed observations at 
tidewater margins in Alaska, Cowan and Powell 
(1990) suggested that suspension settling of fine par
ticles (clay floccules and silt) is most likely during ebb 
tides, when internal turbulence within plumes is at a 
minimum, whereas only the coarsest particles rain out 
during flood tides. The resulting sedimentation cycles 
produce rhythmically laminated sediment packages 
known as cyclopsams and cyclopels, described in 
detail in Section 10.6.2. Very high sediment concen
trations may increase plume density sufficiently to 
produce marine underflows (Powell, 1990).

Powell (1990) has considered the effects of vary
ing water and sediment discharge on fan evolution

in glacimarine environments (Fig. 8.37). For low 
discharges, efflux jets have low momentum and so 
rise immediately to the surface. Deposition on the 
fan is dominated by mass flows fed by bedload 
dumped at the conduit mouth, supplemented by 
rain-out from the plume. At moderate water dis
charges and high sediment discharges, efflux jets 
can travel across the fan surface before rising, 
resulting in a zone of traction deposition at the fan 
apex flanked by a zone of mass flow activity. At 
high discharges, jet momentum is high enough to 
delay buoyant rising of the suspended sediment 
plume, and deposition on the fan is dominated by 
tractive currents. Barchanoid dunes and mass flows 
may occur at the point of detachment.

In glacilacustrine environments, sediment-laden 
meltwater is generally denser than the surrounding 
lake water, and will tend to hug the lake floor a> 
underflows (Sections 8.3.2 and 8.4.4.4). Deposition 
on grounding-line fans is therefore likely to be dom
inated by mass flows, with comparatively minor 
inputs from high-level suspended sediment.

Oscillations of the glacier margin introduce further 
complications to the development of grounding-line 
fans (Fig. 8.38). Glacier advance may produce glaci
tectonic thrusts and folds in the outwash, and ma 
even lead to till deposition and morainal bank forma
tion (Section 8.5.2; G.W. Smith, 1982; Powell. 
1983a). In contrast, ice margin retreat can separate 
the efflux jet from the fan top, focusing deposition ir. 
the backslope zone. A combination of rapid deposi
tion and backslope reworking can produce ver>

Fig. 8.36 Processes of se: 
ment transport and depos: : - 
at a marine grounding- 
fan. (Adapted from Powei =■ : 
Domack, 1995)
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A Low discharge

В Moderate water discharge, high sediment discharge

С High discharge

Fig. 8.37 The effects of discharge 
variations on grounding-line fan 
development. For explanation see 
text. (From Powell, 1990. Reprinted 
by permission of the Geological Soci
ety of London)

A. Backflow effects and backslope deposition 8.5.2 Morainal banks

Morainal banks are elongate masses of sediment 
formed along glacier gounding lines by a variety of 
processes similar to those operating at terrestrial ice 
margins (Sections 7.3 and 7.4). Primary sediment 
delivery to morainal banks can be from several 
sources (Fig. 8.39; Powell, 1981a; Powell and 
Molnia, 1989; Powell and Domack, 1995). (a) Supra
glacial debris can slump or fall into the water down 
the terminal cliff. This process is particularly effective 
during calving events, when it is known as calve 
dumping (Powell, 1990). (b) Englacial and subglacial 
debris bands melt out below the water line, releasing 
debris directly into the water, (c) Debris is dispersed 
over a wider area by iceberg melt-out and overturn, 
(d) Unfrozen sediment can emerge from beneath the 
glacier margin, either as the result of squeezing or as 
the output from subglacial deforming layers 
(Andrews, 1963; N.D. Smith, 1990; Benn, 1996a). (e) 
As for grounding-line fans, considerable quantities of 
sediment can be delivered by meltstreams. Indeed, 
deposition on some morainal banks is dominated by 
subaqueous meltwater discharge, either because sub
glacial drainage is by sheet flow and emerges simulta
neously along large parts of the margin, or because 
conduit mouths migrate rapidly back and forth along 
the grounding line (G.W. Smith, 1982: Pow ell. 1990).

In addition, sediment can be deposited on the 
proximal side of morainal banks by subglacial 
processes such as lodgement and/or deposition from

B. Underflows

Fig. 8.38 The effects of glacier fluctuations and high sus
pended sediment concentration on grounding-line fan 
development. A: Glacitectonized fan produced by glacier 
advance during deposition. Left-hand panel: glacier 
advance deforms the fan top, and horizontal jet flow causes 
a backflow near the fan apex. Right-hand panel: glacier 
retreats slightly and jet discharges on to the fan backslope, 
which fills with coarse sediment. B: Underflows produced 
when high suspended sediment load falls back on to the fan 
surface. (From Powell, 1990. Reprinted by permission of the 
Geological Society of London)

complex sedimentation patterns (Powell, 1990). Pro
longed ice margin stability may allow fans to build 
up to water level, forming ice-contact deltas (Section
8.5.4).
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Fig. 8.39 Processes of se:- 
ment transport and deo: 
tion at a morainal c=‘ i  
(Adapted from Powe a 
Domack, 1995)

a subglacial deforming layer (Holdsworth, 1973b; 
Barnett and Holdsworth, 1974; Benn, 1996a). At 
oscillating glacier margins, morainal banks can also 
be built up or modified by ice-push or thrusting 
(Powell, 1981a; Boulton, 1986).

Sediment accumulating in morainal banks is sub
ject to gravitational reworking, and sediment can 
be transported away from the margin by debris flows, 
slumping, rockfall and other processes. Debris flows 
may be cohesive or cohesionless, depending on the 
availability of fine-grained matrix in the parent 
material.

Given the large variety of depositional and defor- 
mational processes active at glacier grounding lines, 
morainal banks are best regarded not as distinct 
depositional systems, but as part of a continuum 
ranging from isolated grounding-line fans and melt- 
water-dominated morainal banks to frontal dump, 
squeeze and push moraines (Powell and Domack, 
19951. The sedimentology, form, structure and gene- 
'> of morainal banks are discussed in detail in Sec
tion 11.6.2.1.

8.5.3 Deposition below ice shelves
:ed in Section 8.2.1, ice shelves can form only 

~ ar settings, where ice is below the pressure 
r.:;r.g point. Thus, meltwater-related processes

- _ ■ be of much less importance at ice shelf 
. lines than at temperate grounding-line 

. sediment transport and deposition
x: b \   ̂ с mbination of gravitational

processes and ice-marginal tectonics (Powell 
Domack, 1995).

Not surprisingly, modern ice-shelf grounding I:-iri 
are difficult and expensive to reach, and few d.rrji 
observations have been made. Powell et al. ( I0-*-» 
conducted a pioneering study beneath the floa: -. 
tongue of Mackay Glacier, Antarctica, usiru . 
robotic submersible equipped with a camera. T r . ■ 
observations showed that the most widespread c_ - - 
sitional process beneath the floating margin is r_ - - 
out of debris released by melting of basal debri>-- . i 
ice (Fig. 8.40). This produces a thin and patchy с:_:ч 
of sediment which overlies fluted subglaciai : 
deposited when grounded ice extended further •.. 
ward. At the grounding line itself, ridges of rubbi. . - 
to several metres high are produced by dumping a i ; 
ice-push, and soft till emerging from beneath \; 
glacier is redeposited in low-angle debris flows.

Apart from these observations, understanding i 
sedimentary processes beneath ice shelves is г _ . : 
on hypothetical modelling and interpretation o: -. 
mic profiles and ancient sedimentary success - 
Some of this work is considered in Section 11.6.5.

8.5.4 Deltaic environments
Deltas are sediment masses built out into start, т 
water by fluvially transported debris deliverer a 
the shore (Fig. 8.41). They form by a combinat: i 
fluvial aggradation above water level, and proi 
tion on the delta front, where bedload is r~r _ i 
deposited when the incoming stream decelera:; • :*
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Fig. 8.40 Conceptual model of important sedimentary processes beneath a glacier ice shelf, based on observations made by 
a robotic submersible beneath the Mackay Glacier Tongue, Antarctica, (a) General setting; (b) grounding line; (c) sea floor 
beyond grounding line; (d) pinning point; (e) idealized facies sequences. Not to scale. (From Powell et al., 1996. Reproduced 
by permission of the International Glaciological Society)

contact with standing water. Fine-grained suspended 
sediment is carried beyond the delta by underflows, 
interflows and overflows (depending on plume buoy
ancy), to be deposited in the deeper parts of the lake 
or marine basin. Delta-front profiles usually display 
steep upper slopes giving way to easier-angled slopes 
towards the base of the delta, reflecting proximal- 
to-distal decreases in sedimentation rates and grain 
size (Bogen, 1983).

In glacierized catchments, deltas can form in three 
main settings: (a) Ice-contact deltas are fed directly 
by supraglacial, englacial or subglacial streams, and 
the ice edge and delta front are separated by a rela
tively short sandur surface. Ice-contact deltas com

monly evolve from grounding-line fans as sediment 
accumulates at the glacier margin. The emergence of 
a delta at the margin of Riggs Glacier, Glacier Bay, 
Alaska, is shown in Fig. 8.42. (b) Glacier-fed deltas 
are formed by proglacial rivers and may be some 
considerable distance from, and at lower altitude 
than, the glacier margin, (c) Non-glacial deltas rec
eive no input from glacier melt, but may still have 
high sediment input from paraglacial reworking of 
relict glacigenic deposits (Section 7.6).

Delta surfaces in glacierized catchments are. in 
effect, sandur plains, and exhibit a similar range of 
channel and inter-channel forms (Section 3.9). The 
frontal edge of the delta, or delta shoreline, can take



Fig. 8.41 Block diagram of Gilbert-type deltas. 1: Supraglacial debris; 2: subglacial debris; 3: braided sandur su~; - - 
topsets; 5: delta front; 6: foresets; 7: bottomsets. (From Benn, 1992a)

________________ _______ _ I

Fig. 8.42 Aerial photographs of Riggs Glacier, Glacier Bay, Alaska, showing the growth of a grounding-line fan to г : - i  
- 21 June 1978, when there was 60 m of water at the tidewater cliff; (B) 24 August 1988, when a delta had aggrads: -~ят 
; ---„^ng-line  fan and prograded so that its surface lay above high tide. This provides a growth rate of approx-j-r* 
'A -  ,t (From Powell, 1990. Reprinted by permission of the Geological Society of London)
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a variety of forms depending on the rate of channel 
mouth progradation, the stability of the distributary 
channels on the delta surface, and the intensity of 
wave action (Wright and Coleman, 1973; Wright, 
1977; Syvitski et al., 1987). Irregular delta fronts 
will be produced where channels are stable and pro
grade rapidly, thus focusing deposition in narrow 
zones along the delta front. Channel stability is 
affected mainly by the ratio of bedload to suspended 
load carried by the stream, and channels will be 
relatively stable where the amount of bedload is 
low. A fan-shaped or multi-lobate delta front will be 
produced by shifting distributary channels. Wave 
action will tend to smooth out irregularities in delta 
shorelines, and consistent longshore currents will 
deflect sediment downcurrent, forming shore-parallel 
bars.

In areas protected from longshore currents, smooth 
shorelines tend to be produced in deep basins where 
gravel bed rivers with unstable channels are prograd
ing, whereas irregular shorelines are associated with 
stable distributaries carrying fine-grained sediments 
into shallow basins. Therefore, smooth shorelines 
tend to characterize ice-contact and proximal glacier- 
fed deltas, which receive abundant coarse bedload 
(Gilbert, 1975; Pickrill and Irwin, 1983; Syvitski et 
al., 1987; England, 1992). Irregular shorelines are 
more characteristic of glacier-fed deltas in more dis
tal environments (N.D. Smith, 1975; Syvitski et al.,
1987).

Once sediment arrives at the delta front, it can be 
deposited in various ways, (a) Coarse bedload 
avalanches down the delta front in intermittent cohe
sionless debris flows, building out prograding foreset 
beds (Nemec, 1990; Section 11.6.5). (b) The sus
pended load of the river (sand, silt and clay) is trans
ported further out into the water by underflows, 
interflows or overflows, depending on sediment 
concentration and the buoyancy of the inflowing 
water. Deposition by continuous suspension fallout 
results in marked proximal-to-distal fining, with 
proximal areas receiving the sands and finer fractions 
being deposited in more distal positions. Whenever 
distributaries switch position, sediments deposited 
by suspension fallout will tend to blanket older 
coarse-grained sediments below abandoned channel 
mouths, (c) In glacilacustrine environments, under
flows can scour the delta front, redistributing sedi
ment further out towards the basin floor, (d) Actively 
prograding delta fronts are subject to episodic slope 
failure because sediment delivery to their upper 
slopes results in oversteepening. Tension and rota
tional failure at the delta top produces pull-aparts and 
slump terraces, whereas compression at the delta 
base produces pressure ridges and contorted beds 
(Fulton and Pullen, 1969; Pickrill and Irwin, 1983; 
Schwab and Lee, 1983, 1988; Schwab et al., 1987;

Postma et al., 1988b). The preservation of contorted 
beds within these features suggests that they proba
bly fail very slowly (Gilbert, 1975; N.D. Smith, 
1978). However, more rapid subaqueous failure can 
produce debris flows and turbidity currents.

Active sedimentary processes and associated mor
phological evolution of delta fronts have been stud
ied by Prior and Bornhold (1989, 1990) and Carlson 
et al. (1992), using a combination of side-scan sonar 
imaging, seismic profiling, coring and grab sam
pling. This work shows that subaqueous delta surface 
forms can extend several kilometres from the river 
mouth (Kostaschuk and McCann, 1983; Prior and 
Bornhold, 1988, 1990). For example, Bornhold and 
Prior (1990) reported that the provision of sediment 
by annual snow melt floods, jokulhlaups and glacier 
outbursts to the Noeick River delta in British Colum
bia, Canada, has resulted in the quasi-continuous 
feeding of underflows to the delta front. This has 
produced a proximal-distal sequence of delta sur
face forms characterized by sand and gravel swales, 
channels, chutes with crescentic flutes, sand splays 
and bedforms.

8.5.5 Distal environments
8.5.5.1 GLACILACUSTRINE ENVIRONMENTS

Distal glacilacustrine environments tend to have low 
sedimentation rates, mainly from underflows, inter
flows and overflows and, in glacier-contact lakes, ice 
rafting. Underflows are most active during the sum
mer ablation season, when they are generated by 
flood events in glacial and non-glacial streams and 
slope failures in the lake basin. Cold, sediment-laden 
water sinks down the sides of the lake basin, and can 
travel considerable distances below the lake. Under
flows extending 5 to 6 km from the source stream 
have been reported from Lillooet Lake, British 
Columbia, by Church and Gilbert (1975). Sediment 
dispersal is strongly guided by topography, which 
focuses underflows into low points on the lake floor 
(Ashley, 1995). Deposition from overflows and inter
flows tends to be strongly seasonal, governed by lake 
stratification and the presence of surface ice. Suspen
sion settling is generally most rapid following the 
breakdown of stratification and lake overturn in the 
autumn. Settling of the clay fraction is also encour
aged during winter, when the formation of surface 
ice suppresses wind shear and surface mixing. The 
dominance of underflows in the summer and suspen
sion settling from overflows and interflows in the 
autumn and winter gives rise to a characteristic 
annual depositional cycle in many distal glacilacus
trine environments. This cycle produces the classic 
varve couplets, consisting of variable but generally 
silty summer layers and blanket-like clay-rich winter
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layers. The characteristics of varves and related sed
iments are discussed in Section 10.6.1.

In general, sedimentation rates and grain size 
both decline in a downlake direction (Gilbert, 
1975; N.D. Smith, 1978; N.D. Smith et al., 1982). 
This pattern, however, may be overprinted by other 
factors, such as patterns of circulation in the lake 
and subaqueous or subaerial slope failures. In glac
ier-contact lakes, sediment is transported into distal 
positions by drifting icebergs. Patterns of sediment 
accumulation depend on the rate of iceberg melting 
and their drifting velocity. In some lakes, accumu
lation of ice-rafted debris is greatest in the most 
distal part, near the lake outflow point, where bergs 
are carried by surface currents (McManus and 
Duck, 1988). Lake bathymetry is also important, 
because bergs will become grounded in water shal
lower than the critical depth required for flotation, 
so that sills may act as barriers to the transfer of 
ice-rafted debris.

8.5.5.2 CONTINENTAL SHELVES
The supply of suspended sediment to present-day 
continental shelves is highly variable. In the waters 
around Antarctica, suspended sediment concentra
tions are low, because of the limited discharge from 
glacial meltstreams from the predominantly cold- 
based ice sheet. In contrast, continental shelves adja
cent to humid temperate glacierized regions, such as 
the northern Gulf of Alaska, receive substantial 
amounts of suspended sediment carried offshore by 
glacial meltwater (Carlson et al., 1990).

The importance of ice-rafted debris varies consid
erably, according to the number and debris content of 
icebergs and their drift tracks. Around Antarctica, 
icebergs are steered by easterly winds on the inner 
shelf, then by westerlies as they drift northwards 
(Fig. 8.43; Tchernia and Jeanin, 1983; Drewry, 
1986). Sedimentation rates, however, are low, 
because of generally low debris content. In the north
ern hemisphere, most icebergs are trapped in fjords 
and do not contribute substantially to sediment bud
gets on many parts of the continental shelves (Ham
brey, 1994). There are some exceptions to this, such 
as Baffin Bay, which receives sediment rafted by ice
bergs from outlet glaciers in east and west Greenland 
und small glaciers in the Canadian Arctic. Iceberg 
rutting was very important in the North Atlantic dur- 
-.g -everal episodes in the last glaciation (Heinrich 

eventsi. when massive calving from expanded ice 
'heets transported debris to around 40° N. Analysis 

cean cores shows that sedimentation rates 
... _-ed towards the east and south, away from the
■ . - ' urce of the icebergs in Hudson Strait 
Г»г» de>well et al.. 1994).

Fig. 8.43 Observed iceberg trajectories around Antarctica 
(From Drewry, 1986, after Tchernia and Jeanin, 1983)

Vast areas of the high-latitude continental shelve' 
are constantly scoured by the keels of drifting ice
bergs. Icebergs presently scour the ocean bottom ir. 
water depths of 235 m in the Arctic and sub-Arctic 
(Hodgson et al., 1988), and apparently to the remark
able depth of 500 m in Antarctica (Barnes and Lien
1988). Relict Pleistocene scours are reported at pre
sent-day water depths of 700 m (Josenhans anc 
Woodworth-Lynas, 1988), which, even when an arb:- 
trary 100 m is taken off for the lower full-glaciu 
sea-level, document the passage of icebergs of con
siderable proportions. The impact of iceberg scour
ing is readily apparent in side-scan sonar images : 
the sea bed and in aerial photographs of former lake 
or sea beds (Fig. 8.34).

Reworking by debris flows, turbidity currents ar._ 
other gravitational processes can be important or 
glacially influenced shelves, owing to the low strength 
of rapidly deposited fine-grained sediment on the se_ 
floor (N. Eyles and C.H. Eyles, 1992). Slope insta
bility can be triggered by seismic shocks and stress 
imposed by grounding icebergs. Sediment is aK: 
redistributed and sorted by deep ocean currents.

Biological productivity is high in polar seas и 
areas where suspended sediment concentrations are 
low and sea-ice breaks up during the summer, ov. ir r 
to upwelling of nutrient-rich bottom water (Ha.—- 
brey, 1994). In a zone several hundred kilometre 
wide around Antarctica, the principal source of sec 
ment is the skeletons of diatoms, which rain to th; 
sea floor, forming thick deposits of siliceous о : 
(Domack, 1988; Dunbar et al., 1989; Hambr̂
1994). Areas of high diatom productivity tend to S:
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less widespread in the Arctic, largely because of the 
extent of perennial sea-ice. Other components of 
polar fauna, such as foraminifera, radiolaria and mol
luscs, also supply sediment to the sea floor, but rarely 
account for significant amounts of the total. Such

fauna, however, are sensitive indicators of water 
salinity and temperature, and their fossils in sea floor 
sediment provide valuable information concerning 
past environmental change (Lowe and Walker, 1984; 
Bradley, 1985; Andrews et al., 1996).
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Drumlins converging on Clew Bay, Ireland. (Landsat image provided by A.M. McCabe)



g. 1.12 (Plate 1)
lUndsat false-colour 
::Tiposite image of 
<;:najokull, Iceland. The 
к  jilibrium line is 
1-- imited by the grey to 

k h ite  colour change on 
те  ice cap surface. Note 
!fe small outlet glaciers of 
r e  subsidiary ice dome of 
>aefi to the south, which 
es between the large 

outlet glaciers 
reidamerkurjokull and 
«eiderarjokull. 
ieidararsandur also 
tands out vividly to the
0 :ttom left of the image, 
inage produced by 

■Lndmaelingar Islands)

g. 1.13 (Plate 2) The
i'eenland ice sheet. Local ice 
=ps and ice domes are shown 
' green and ice-free areas are 
"own in grey, (a) Flow lines of 
~e Greenland ice sheet, 
‘oviding a clear impression of 
e major ice divides; (b) the 

.rface topography of the 
'•eenland ice sheet, defining 
vo major domes; (c) the 

tstimated altitude of the 
: aciation limit for Greenland; 
’ ) the distribution of 
: _ecipitation in Greenland and 
adjacent Ellesmere Island 
g cm-2 yr_1). (Provided by 
: chard Williams, USGS)
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X »  300 400 KILOMETERS :__1___I___I I

SVALBARD

BAFFIN
ISLAND





=ig. 1.16 (Plate 3) (a) Surface 
Typography, ice divides and 
~ajor ice flow lines of the 
-ntarctic ice sheet; (b) section 
:~rough the Antarctic ice sheet 
= ̂ d its bedrock topography from 
Чоппе Entrance, West Antarctica, 
-.0 Colvocoresses Bay, East 
-ntarctica. (From Drewry, 1983.
; sprinted by permission of the 
,: :ott Polar Research Institute)



Fig. 1.23 (Plate 5) The
piedmont lobe of the 
Malaspina Glacier, Alaska, 
showing the spectacular 
fold structures produced 
by ice flow into the 
lowlands. (Photo: Michael 
Hambrey)

6 photog^acr of r e  
Southern Patagonian 
icefield of Chile and 
Argentina. (From Short 
and Blair 1986, 
Geomorphology from 
Space, NASA)



Fig. 1.45 (Plate 6) Theoretical isobases and ice sheet limits for the British Isles and adjacent north-west E^'zz- ~z- * ~e  
slices since the last glacial maximum, according to a model produced by Lambeck ( 1995) .  Ages of eac~ * ~e 5 :e are - r e  
bottom left corner of each map. Deglaciation starts at 18 kyr b p .  Palaeowater depth contours are a: 51 ' M ‘ 5C ana 20C - 
Isobase contours are 50 m for 18 and 14 kyr b p ,  25 m for 12 kyr b p ,  and 10 m for 7 kyr b p .  (Maps < • r : . ae- b. 
Lambeck)



Fig. 1.47 (Plate 7) Topographic profiie 
from north to south through the 
Americas showing glacier equilibrium- r~ 
altitudes for the present (red) and the 
last glacial maximum (blue)
(From Broecker and Denton, 1990a)

ARCTIC OCEAN

BROOKS
RANGE

ALASKA
RANGE

CASCADE
RANGE

SIERRA
NEVADA

t MEXICAN 
VOLCANOES

CENTRAL
AMERICA

ANDES

PATAGONIA

ANTARCTICA

2.000 4.000 6.000 8,000 
ALTITUDE (METERS)

Щ з
/HUDSON)
\ BAY \ о с EA N

EUREKA

ElnaiKKi at glacultwi 
!*»•) [in mette-.) v‘SCOUNT

MELVILLE

Sou no

RESOLUTE

late 8) Gladation levels and equilibrium-line 
I . — '  E z s se r  s a^ds, Arctic Canada, as 

e 'e r  а ' “ “ 5 =eoroduced by
- *ч .erST. of Colorado)



- g. 1.60 (Plate 9) Palaeogeographic reconstructions of the Laurentide ice sheet at various times during the last glac a 
: : e. (From Dyke and Prest, 1987. Reproduced by permission of the Geological Survey of Canada)



absorbed shortwave

(W /m  )

Fig. 2.9 (Plate 10) The absorbed short-wave 
radiation over the Greenland ice sheet as 
calculated by an energy balance model.
Minimum values occur in the vicinity of the 
equilibrium-line where albedo is high and cloud 
cover relatively common. In the interior, clear sky 
conditions are frequent, counteracting the high 
albedo of the snow surface. (From van de Wal 
and Oerlemans, 1994. (Reproduced by 
permission of Elsevier)

Fig. 2.24 (Plate 11) Landsat false-colour image of the soutbe- 
central part of Spitsbergen showing the transient snowline o r  - 
glaciers (the line where blue ice changes to white snow cove' 
image was taken on 18 July 1976 and was provided by Richa-; 
Williams, USGS

s: - 25 ;юо BP 11 500 BP 10 500 BP 10 000 BP
ice flow direction 

m eltw ater drainage

present Beaufort Sea 
coastline and lakes Great 
Bear, G reat Slave and 
Athabasca

• 35.8 lim iting UC date (ka BP)

Fig. 3.7 (F
Palaeoge:: 
maps of tb= 
west mar:  - 
Laurentide > - 
sheet fro"- - - - 
glacial ma- - 
to 10 kyr e: 
showing t~r 
extent of G ъ i 
Lake McCc-- - 
during the ег 
stages of 
deglaciatior 
(From Lem "  ̂- 
a I., 1994b)



Fig. 3.9 (Plate 13) Historical evolution of 
proglacial lakes in front of 
Breidamerkurjokull, Iceland, based on air 
photographs and ground surveys. (University 
of Glasgow, based on Howarth and Price, 
1969; Price and Howarth, 1970; Price, 1982)

: ig. 5.16 (Plate 14) Glacier ice being injected into 
' ~e joints in bedrock below Oksfjordjokelen, Arctic 
‘orway. (Photograph by B.R. Rea)
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Fig. 5.19 (Plate 15) Stratified basal ice 
exposed at the margin of the subpolar 
Eugenie Glacier, Ellesmere Island. 
(Photo: D.J.A. Evans)



Fig. 6.39 (Plate 16) Supraglacial 
lakes on the Tasman Glacier. (Photo: 
D.J.A. Evans)

Fig. 8.25 (Plate 18) Turbid ove^ : • 
upwelling at a glacier ice shelf 
margin, Leffert Glacier, Ellesmere 
Island. (Photo: D.J.A. Evans)

Fig. 7.14 (Plate 17) A push moraine 
being formed at the margin of 
Fjallsjokull, Iceland. (Photo D.J.A. 
Evans)



(С)

Ид. 9.40 (Plate 19) Troughs 
*ormed by deep erosion by 
: Jtle t glaciers, (a) Yosemite Valley, 
Ialifornia.(Photo: Landform
I des.) (b) Large lake occupying 
an overdeepened trough,
3 endevatn, Norway. (Photo:
D.l. Benn.) (c) Sognefjord, 
'.orway. (Photo: D.J.A. Evans.)
2) Landsat image of part of the 
:3ast of west Greenland, with 
:re  Greenland ice sheet visible 
:o the top right. The longest 
■.ord in this view is Sondre 
Stromfjord. Note the dendritic 
cattern of the fjords and the 
numerous lakes indicative of 
sreal scour on the highlands. 
_andsat image 21654-14185 
C), 8-3-79, Canadian Centre for 
-emote Sensing)



(b)

(с)

f  g. 10.10 (Plate 20) Glacitectonites: (a) penetrative 
: 5 : :e r . ;" i te  derived from glacilacrustrine sediments, 

; uoich Scotland; (b) detail of the laminated 
: 5- r r -  т'-'п the penetrative glacitectonite of

• I . :  :■ : arge-scale penetrative glacitectonite 
: ne sediments at Lake Pukaki, New 

: .e~ica sequence from non-penetrative 
a - - r -: oenetrat .e glacitectonite and 
a  ' :='3caze n g a:'!acustrine delta
акаове. : • -e- >:ot э-d orotos: D.J.A. Evans);
«  aaamnee Tfc. S ip  Inn. Leicestershire (photo: D.l. Benn)



Fig. 10.25 (Plate 21) Flyperconcentrated flow 
deposits comprising poorly to moderately sorted 
gravels and stratified diamictons capping planar and 
cross-bedded gravels and sands. These sediments were 
deposited during the catastrophic release of ice- 
cammed lake waters in a tributary valley to Dobbin 
3ay, Ellesmere Island. (Photo: D.J.A. Evans)

- c  -• . 'w-

J ? '  /'

i

a  '•

Fig. 11.14 (Plate 22) Landsat false-colour satellite 
~iage of part of north-western England showing 

:ne drumlin swarms of the area. Note how the 
: acier ice responsible for the streamlining of the 
■errain was guided by the major valley systems, 
'■iorecambe Bay is to the left and the Yorkshire 
Tales are clearly picked out to the top right. (Image 
:-ovided by the British Geological Survey)

(a)

Fig. 11.73 (Plate 23) Eastward view across the 
outwash plain north of Lake Pukaki, New Zealand, 
showing a staircase of lateral moraines and kame 
terraces dating back over the last 60 kyr. The 
terminal moraine of the Birch Hill advance 
(12 kyr-8 kyr b p ) is visible in the foreground 
(Photo: D.J. A. Evans)

(b )

Fig. 12.8 (Plate 24) Example of moraine deposition by a subpolar outlet glacier fed by a plateau ce car a ' ~ car-, -g a 
roarse debris load, near Dobbin Bay, south-east Ellesmere Island, Arctic Canada: (a) prominent fres*- v  — ~e r-oralne 
-ecording the retreat of small piedmont lobe; (b) ground photograph of the trimline, showing to  c-e —rosea о* a t- n 
'jbb le  veneer with scattered boulders (person is standing at the former ice margin). (Photos: D.. - E a_s



o r and Clark,

Fig. 12.29 (Plate 26) False-colour Landsat ~ 
landforms on the west side of the Strait of 
southern Chile. Image processed by D.R. Pa>-e

Fig. 12.36 (Plate 27) The
sattern of cross-cutting 
g ac'er flow lineations 
reserved on Landsat images 
o* the area covered by the 
:e " . 'e  of the Laurentide ice 

7- Ее \TS quadrant has 
■ : : :cxng of flow 

c* - jity  between
: . - : : : r  :e  t raced.

Fig. 12.41 (Plate 28) Landsat image of south
eastern Prince of Wales Island in the central 
Canadian Arctic, showing three superimposed 
drumlin fields (1-3 in order of decreasing age). The 
lateral shear moraine is marked by arrows. (Image 
provided by the Geological Survey of Canada and 
geomorphology by Dyke and Morris, 1988)

Fig. 12.11 (Plate 25) Landsat image of southern 
Wollaston Peninsula showing ground moraine (I), 
hummocky moraine (II), end/lateral and shear 
moraines (III), and streamlined forms (IV). The 
Colville moraine is marked C, Cl, CM. W hite arrow in 
Dolphin and Union Strait indicates north and the 
figure references are to Sharpe's (1988b) aerial 
photographs
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Fig. 12.4H (l>lnt<« 29) M.ip of the area covered by proglacial lake sediment (blue) deposited during the retreat of the Laurentide ice sheet and the major drainage 
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I Hudson V.illcy I ,iki« sediments in the St. Lawrence Valley and Hudson Bay are covered by later marine sediments and are therefore not marked. (From Teller, 198/ 
Ri'pmduc I'd by pormlsslon of the Geological Society of America)



Fig. 12.77 (Plate 31) Rock 
glaciers on Snaefell, Iceland. 
(Photo: D.J.A. Evans)

- с ' I  •: = ate 32) False-colour satellite image of glaciated 
щ ввр  m Mackenzie drainage basin, South Island, New 
Z-.z:'z >; - f: a:ero-termina ~oraines are very prominent

. : "5 c* Lake Pukak -ear the centre of the
- ::-  - : search NZ Lta



EROSIONAL FORMS AND LANDSCAPES

EOCHE MOUTONNJSE W ITH  BLOCS PERCHES, NEAE PONT-Y-GEOMLECH.

9.1 Introduction
9.2 Small-scale erosional forms
9.3 Intermediate-scale erosional forms
9.4 Large-scale erosional landforms
9.5 landscapes of glacial erosion
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9.1 INTRODUCTION
Erosion in glacial environments results in some of 
the most familiar and characteristic forms and land- 
forms, such as striated rock surfaces, roches mouton- 
nees, cirques and troughs, and creates some of the 
most spectacular landscapes on Earth. The presence 
of glacier ice in a catchment also strongly influences 
the evolution of erosional forms beyond the ice mar
gin, such as proglacial meltwater channels. Erosional 
forms exist on a wide variety of scales, reflecting the 
operation of glacial processes over different amounts 
of time. In this chapter, we discuss the characteristics 
and origin of erosional forms at four scales:
1. Small-scale forms. These are superficial erosional 

marks such as striae and friction cracks, which 
commonly record single rock failure events.

2. Intermediate-scale forms. These include bed- 
forms, depressions or channels which, although 
locally impressive, are small compared with the 
ice flow unit responsible for their formation.

3. Large-scale forms. These are erosional forms 
which are comparable in scale with the associated 
glacier or ice stream, such as cirques and troughs.

4. Landscapes of glacial erosion. At the largest 
scale, erosional landscapes are distinctive assem
blages of landforms that record long-term, regional 
patterns of glaciation.
Some relationships between these forms, and char

acteristic dimensions, are shown in Table 9.1. Note 
that the dimensions of forms at different ‘scales’ may 
overlap. The important point to bear in mind, how
ever, is that small-scale erosional marks are com
monly superimposed on intermediate-scale bedforms 
and channels, which in turn are superimposed on 
large-scale ice-eroded channels or surfaces, which 
combine to form erosional landscapes, in a spatial 
hierarchy of forms.

At all scales, it is useful to bear in mind the sets of 
variables that control or influence processes and pat
terns of erosion, and the form, size and distribution 
of erosional forms. Sugden and John (1976) grouped 
these variables into four categories:

1. Glaciological variables encompass the character
istics of the ice, particularly conditions at the bed. 
They include basal shear and normal stresses, 
vubglacial water pressures and drainage system 
configuration, flow direction and basal velocity, 
:hermal regime, and the amount of debris held in 

e ?̂ >al ice. Basal thermal regime is particularly 
" r:„nt. because sliding and significant erosion 

ccur only where the basal ice is at the 
pressure melting point (Section 5.3). Cold-based 

. i- : protect the underlying substratum, 
at call} impressive quarrying can occur

below cold-based ice margins. Significant debris 
entrainment is possible in zones of net freezing, 
but not in zones of net melting.

2. Substratum characteristics incorporate the physi
cal characteristics of the bed, and include the 
structure, lithology, joint distribution and degree 
of weathering of hard rock beds, and the thicknes' 
and composition of unconsolidated sediments 
The erosion of hard rock beds is strongly influ
enced by lithology and the degree of preglacia'. 
weathering. Thus, glacial erosion is thought to 
have been particularly effective in the early stages 
of the present ice age, owing to the widespread 
availability of deep-weathered regolith (sapro- 
lites) formed during the Tertiary period. After the 
removal of large areas of this regolith during earl} 
glaciations, the erosional capability of later 
glaciations was reduced because of the occurrence 
at the ground surface of unweathered bedrock. 
Another important factor is the permeability of the 
substratum, which influences the efficiency of 
drainage at the bed.

3. Topographic variables encompass the morphol
ogy of the glacier bed at a wide range of scales, 
from small-scale roughness elements up to the rel
ative relief of the whole glacierized catchment. At 
the smallest scale, topographic variables influence 
local patterns of glacier flow and determine the 
location of stress concentrations at the bed. 
whereas at the largest scale, relief influences the 
location of glacier masses, and their morphology, 
dynamics and efficiency as agents of erosion.

4. Temporal variables include the duration of glacia
tion and changes in any of the above variables 
over time.

In combination, these variables influence the modifica
tion of glacier beds in such a way that they become more 
efficient pathways for the evacuation of glacier ice or 
meltwater. This framework focuses attention on the 
links between process and form, and encourages recog
nition of equilibrium forms (Sugden and John, 1976).

9.2 SMALL-SCALE EROSIONAL 
FORMS
A very wide range of small-scale erosional forms 
has been recognized, and a variety of descriptive 
terms are used in the literature (e.g. Laverdiere et al.. 
1979, 1985). In this book, we have adopted the most 
widely used terminology, and describe small-scale 
forms under four headings: (a) striae; (b) rat tails; (c > 
chattermarks, gouges and fractures; and (d) P-forms. 
The general characteristics of many small-scale 
forms are depicted in Fig. 9.1.



Table 9.1 Size classification of glacial erosional forms

Process

A real

ice

flow

Linear flow 

in rock 

channel

Interaction 

o f  glacial 

and

periglacial

Relief
type

Em inence

D epression

Depression

Depression

Em inence

Relief
shape

Streamlined

Part-

stream lined

Stream lined

Part-

stream lined

Micro Macro

- Scale

m
(1 cm)

m 
(1 m)

m  
(100 m)

m 
(10 km)

Stream lined

W haleback

Stream lined- 

------  spur ------

R ock drum lin 

Crag and tail

Roche m outonnee -  F lyggberg

Groove

Rock basin

■ T rough -

A lpine trough

- Cirque

m
(1000 km)

Residual sum m it o r horn

Landscape of 

areal scouring

Landscape o f  ice 

sheet linear erosion

Valley glacier landscape 

Nunatak landscape

Sourer', after Sugden and John (1976)
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Glacial striae 
S tries g laciaires........
Nailhead striae 
Stries en Ш е  de c lous .

Wedge striae 
Stries en co in ..........
Crescentic fractures \Гй> 
Broutures................................................>lT>M )////
Reverse crescentic fractures 
Broutures in v e ^ e s ...........

Chatter marks
Fractures de broutage...........
Crescentic scars 
Cicatrices en forme de croissant 

Reverse crescentic scars 
Cicatrices en forme de croissant inverse

Glacial groove 
Cannelure glaciaire

Mini crag and tail 
Petites queues-de-rat

'■ z 9.1 Small-scale forms of glacial erosion. (A) lunate fracture (plan and section); (B) crescentic gouge (plan and sect : - 
1 :-ss:entic fractures (plan and section); (D) conchoidal fracture; (E) sichelwanne. Main diagram: striae, fractures, g rcc.
- : a:ed features. (After Prest, 1983, and Embleton and King, 1975)

r 2 1 Striae
ЯM t  •- ngular siria iii n > are scratches incised into 
-г. г > . and have long been recog-
• r : . rir.g by particles embedded

in glacier ice (e.g. Agassiz, 1838; Forbes, 1S~: 
Chamberlin, 1888; Gilbert, 1903, 1906a). The\ 
direct results of subglacial abrasion and, accordir.r 
experimental studies and field observations, can
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eroded rapidly if optimum conditions are satisfied 
i Section 5.3.2; Lister et al., 1968;Veyret, 1971; Hope 
etal., 1972; Boulton and Vivian, 1973; Boulton, 1974; 
Atkinson, 1984; Drewry, 1986; Iverson, 1990).

The morphology and distribution of striae reveal 
much about their mode of formation. Close inspec
tion of striae reveals that their edges and bases are 
rough and composed of numerous arcuate fracture 
surfaces, attesting to their excavation by indentation 
fracture beneath asperities in overpassing clasts 
Section 5.3.2.1; Fig. 5.9; Lawn and Wilshaw, 1975; 

Iverson, 1990). Indentation theory suggests that the 
width and depth of striae depend upon the shape of 
the asperity, and that they increase with the load 
pressing the particle against the bed (Drewry, 1986). 
Striae may widen downglacier, owing to the progres
sive blunting of the indenting asperity as it is dragged 
across the bed. The widening may be gradual (wedge 
' trial ions) or abrupt (nail-head striations), depen
ding on the rate of asperity blunting relative to the 
elocity of the abrading clast (Fig. 9.1). Rarely, striae 

become narrower downglacier. The reasons for this 
are unclear, although one possibility is that they 
reflect reductions in the normal force pressing the 
indenting asperity against the bed. Striae also com
monly terminate abruptly at a deep, blunt end next 
:o the narrow up-ice end of another striation. This 
_ it echelon pattern is thought to relate to the rotation 
r 'flip-out’ of the striating clast, which lifts one 

-sperity clear of the substrate but brings a new, 
' harper asperity in contact along an adjacent flowline 
Edelman, 1951). Although individual striae may 

maintain a straight line for more than a metre, they
- 'metimes deviate from the mean flow direction if 
:he striator clast has been rotated while still in con- 
-JCt with the substrate.

The orientations of striae may vary considerably 
n a single rock outcrop. While striae on the flat 

. ?ner surface of an outcrop are commonly parallel 
:th each other and deviate only slightly from the 

average ice flow direction, striae on uneven surfaces 
generally deviate markedly, owing to the irregulari
ties in the basal flow of the glacier (Fig. 9.2; 
Virkkala, 1960).

Bedrock outcrops often display two or more sets of 
-triae, recording separate ice flow events (Fig. 9.2). 
The sequence of striating events cannot always be 
determined, except where shallow striae cut across 
weeper striae produced by older ice flows. Cross- 
_ u.ting relationships may result from shifts in ice 
i:\ ides or dispersal centres during a single glaciation, 
г from separate glacial episodes. Many glacial 

r r >morphologists have employed multiple striae 
directions in regional reconstructions of former 
.dacier fl •. For example, multiple striae were used
— с r.;ur.j:ion with radiocarbon-dated till strati- 
Z7j.v ' - - ". ■ eillette (1986) to reconstruct former ice

flow directions on the Ontario-Quebec border, 
Canada. He concluded that an early Wisconsinan 
west-south-west flow was cross-cut by two late W is
consinan flows aligned towards the south-south-west 
and south-south-east, the later striae sets documen
ting changes in flow direction during the same 
glacial phase. Similarly well-preserved records of 
cross-cutting striae in Scandinavia allow shifts in ice

(b)

(c)
Fig. 9.2
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(d)

Fig. 9.2 Striae: (a) cross-cutting striae on moulded 
сезгоск, Chandra Tal, Lahul Himalaya; (b) variable striation 
d rections reflecting complex ice f lo w  around a bedrock 
bump, St Jonsfjorden, Spitsbergen; (c) m ultip le striation 
2 rections on moulded surface and lee-side cavity face, St 
Jonsfjorden, Spitsbergen. Note three ice f lo w  directions on 
tne upper surface and transverse ice f lo w  on the lee-side 
face (photos: D.J.A. Evans); (d) nail-head striae. (Photo pro- 
. ded by C. Laverdiere (Laverdiere eta !., 1985))

di>persal centres during the Weichselian and Younger 
Dryas to be reconstructed (Anundsen, 1990; Kleman, 
'. 990 >. A complex pattern of multiple ice-flow direc- 
:ions relating to the late Wisconsinan and older 
glaciations of New Brunswick, Canada, was docu
mented by Rampton et ctl. (1984) in an exhaustive 
'"udy of till provenance, glacial landforms and striae 
r^:tems. They found evidence for several pre-late 
Wisconsinan and six late Wisconsinan phases of ice 
:1 -.v. during which a complex pattern o f striae direc- 

ns was etched on to the rock outcrops of the 
r :  '\ ince. Similar evidence is employed by Stea 

in reconstructing the complex ice-flow history 
f nearby Nova Scotia.
Tv. о separate sets of cross-cutting striae are docu

mented by Gray and Lowe (1982), Gregory (1986) 
. Sr.arp et cil. (1989a) in the Llyn Llydaw cirque 

. ?!e\. north Wales. The first set records former 
..  ~ л from south-west to north-east at the base of 

- Dimlington Stadial) ice sheet, whereas the 
: \~z set were cut by a smaller Loch Lomond 
. r ..cier flowing from west to east (Fig. 9.3). 

. -'-'£ r\a tion  of earlier striae attests to the lower 
_ ekvity and lower erosional capacity of the 
. ■ 1- ~ r.d Stadial cirque glacier. Sharp et al.
• _ " _ _ _>ed these cross-cutting striae in an 

k._ar.::fy the amount of erosion by the
_ S:...... ;lacier. They argued that the

... : >iriae of < 0.4 mm width in
r 4 'Uggests that they have

sea r -  the L. ch L m nd Stadial ice, placing

a limiting value on the amount of erosion that 
occurred during that event.

9.2.2 Rat tails
Rat tails are small residual longitudinal ridges 
extending down-ice from resistant rock knobs or 
nodules (Figs 9.1 and 9.4). They are essentially small- 
scale equivalents of crag and tails (Section 9.3.3), 
created by the removal of less resistant material to 
either side. In some examples, elongate scalloped 
troughs curve round the up-ice side and flanks of the 
rat tail in an elongate sickle-shaped depression. Most 
researchers regard rat tails as the product of differen
tial abrasion of bedrock surfaces, and the presence of 
lateral troughs as evidence for small-scale streaming 
of ice around the obstacle.

9.2.3 Chattermarks, gouges and 
fractures
Fracture marks or cracks in bedrock record the 
removal of rock flakes by subglacial quarrying (Fig. 
9.1; Sections 5.3.3 and 5.3.4). These are variably 
known as chattermarks, crescentic gouges or cres
centic fractures (sichelbriiche or parabelrisse), con- 
choidal fractures (muschelbriiche) and lunate 
fractures (Laverdiere and Bernard, 1970). Chatter
marks are usually only a few centimetres wide, and 
often occur at the base of shallow grooves. Their 
open or concave sides face down-ice, and thus may 
provide a sense of former ice flow direction. They 
commonly occur as a series of closely spaced frac
tures nested one inside the other, resulting from 
repeated fracture events beneath a single overpass
ing clast, possibly in association with ‘stick-slip’ 
motion (Figs 9.1 and 9.5; Chamberlin, 1888; Gilbert, 
1906a; Lahee, 1912; Ljungner, 1930; Harris, 1943; 
Okko, 1950; Wintges and Heuberger, 1980).

Larger arcuate gouges and fractures may measure 
from a few centimetres to more than a metre across. 
Crescentic gouges and lunate fractures are similar 
except that their horns are aligned in opposite direc
tions: the horns of lunate gouges point down-ice, 
whereas those of crescentic gouges point up-ice (Fig. 
9.5; Harris, 1943; Dreimanis, 1953; MacClintock, 
1953). Both may be present together in the same rock 
outcrop. Crescentic gouges and lunate fractures are 
bounded by two fracture planes: one that dips in a 
down-ice direction (principal fracture) and one that 
is vertical and constitutes the down-ice termination 
of the principal fracture (Figs 9.1 A and 9.IB). The 
principal fracture plane may be gently or steeply 
dipping, but it always dips down-ice, providing a 
useful method of reconstructing former glacier flow 
direction (Harris, 1943; Dreimanis, 1953). An addi
tional type of gouge, referred to as a conchoidal frac-
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Fig. 9.3 Cross-cutting striae on a bedrock outcrop in 
the Snowdon massif, Wales. Upper panel: location map. 
Lower panel: (a) pattern of striae produced by ice sheet 
flow; (b) pattern of striae produced by a local valley 
glacier during the Loch Lomond (Younger Dryas) Stadial; 
(c) flow pattern inferred from striae in lee-side cavities. 
(From Sharp eta/., 1989a. Reproduced by permission of 
Longman)

s from which ice sheet striations have largely 

removed by Loch Lomond Stadial erosion 'yyyyyj'

r.ire. was identified by Ljungner (1930). Conchoidal 
rractures are produced when the fracture plane is 
; ?ncave upward, the final form telling us very little 
-bout former ice flow direction.

Crescentic fractures are arcuate fracture planes 
hich may dip either up-ice or down-ice and may 

have their horns pointing upglacier or downglacier 
Harris, 1943; Dreimanis, 1953). Fractures with up- 
e-pointing horns commonly occur in isolation, 

whereas those with down-ice-pointing horns gener
ally occur in a series, the width of individual frac- 
vares decreasing in a down-ice direction (Fig. 9.5; 
Pre't. 1983). Series of crescentic fractures therefore 
г г de a clear sense of former ice flow direction.

9.2.4 P-forms
r. r_h. -°65 introduced the term P-forms or plas- 
: . u.dtd forms to refer to smoothed depres-

Fig. 9.4 Rat tails. Ice flow from le "  
vided by C. Laverdiere (Laverdiere er = ' r : :
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(a)

(b)

(0
- g. 9.5 Cracks and gouges, (a) Crescentic fractures and 
r.' st ons. Ice flow is from left to right (Photo provided by 
I  _s.erdiere (Laverdiere et al., 1985)). (b) Crescentic 

_ \ gardsbreen, Norway. Ice flow is from right to left, 
fc)Chattermarks in grooves across striations, St Jonsfjorden, 

ce flov. is fror- eft to right. (Photos: D.J.A.

sions eroded into bedrock. The name reflects Dah - 
conclusion that they are formed by abrasion bel 
plastically deforming ice, although this conclib: 
has been questioned by Kor et al. (1991), who int: - 
duced the alternative non-generic term S-fonn - 
sculpted form. In this book, we adopt the origin_ 
widely accepted terminology, while recognizing the 
P-forms might originate by a variety of glacial anc 
fluvial erosional processes.

P-forms exhibit a wide variety of shapes and size- 
and may be classified into three broad types accord
ing to whether they are parallel or transverse to ке 
(low, or non-directional (Fig. 9.6).

1. Transverse forms are aligned at right angles to ice 
flow and include the following types, (a) Muschel- 
briiche (singular: muschelbruch) are shaped lik. 
mussel shells, with sharp convex-upflow rims anc 
indistinct downflow margins (Ljungner, 1930 
Note that muschelbriiche have also been inter
preted as scars left by the removal of quarried 
rock fragments (Section 9.2.3). (b) S ichelwanner 
(singular: sichelwanne) are sickle-shaped depres
sions, often containing striae, with horns pointing 
downglacier (Fig. 9.7). (c) Comma forms are sim
ilar to sichelwannen, but with one horn missing or 
less well developed than the other, (d) Transverse 
troughs are elongate hollows with a relatively 
steep, planar upflow slope and a gentler downflov. 
slope which is commonly scalloped.

2. Longitudinal forms are aligned parallel to ice flow. 
and include the following, (e) Spindle flutes are 
spindle-shaped depressions with a pointed end 
oriented upflow and broadening downflow to u 
distinct, rounded termination (closed spindles) or 
a smooth, gradual ramp (open spindles), (f) Cavet- 
tos are curvilinear, undercut channels eroded into 
steep or vertical rock faces. They may contain 
striae and crescentic gouges, (g) Furrows are 
elongate, flow-parallel grooves which may be 
straight, curved or winding in planform (Figs 9.7b 
and 9.7c). They may have smaller P-forms or 
striae on their floor and walls.

3. Non-directional forms are of two main kinds, (h) 
Undulating surfaces are low-amplitude undula
tions found on the lee sides of bedrock humps, (i) 
Bowls and potholes are near-circular depressions 
a few centimetres to several metres deep (Fig. 
9.7d).

P-forms vary widely in size. For example, H.T.U. 
Smith (1948) reported grooves in the Mackenzie 
Valley, north-west Canada, which measure 12 km 
long, 30 m deep and 100 m wide. However, individ
ual P-forms are usually much smaller than this, 
although collectively they may cover very large areas 
(Fig. 9.8).

(
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Transverse forms
(d) Transverse^ 

trough
■a) Muschelbruch

<b) Sichelwanne

(c) Comma form

Non-directional forms

(h) Undulating surface

(i) Pothole

Longitudinal forms
(e) Spindle flutes

Fig. 9.6 Classification of P- 
forms. (From Kor et al., 1991. 
Reproduced by permission of 
the Canadian Journal of 
Earth Sciences)

Four media have been invoked to explain the ero- 
'ion of P-forms (Gjessing, 1965; Gray, 1981, 1982b):
_ debris-rich basal ice\ (b) saturated till flowing 

between the ice base and bedrock; (c) subglacial 
»ieltwater under high pressure; and (d) ice-water 
":ixtures. Gjessing (1965, 1967a) concluded that 
most forms reflect erosion by saturated till, which he 
envisaged moving as a viscous liquid driven by pres
sure differences at the glacier bed (Section 4.4). Sub
sequent studies have tended to stress the importance 
f either debris-rich ice or flowing water, media with 

'■-kingly different viscosities and flow behaviour.
Several early research papers on P-forms (e.g. 

Ljungner, 1930; Hjulstrom, 1935; Ebers, 1961; R.
Dahl. 1965) concluded that they are the product of (b)



(g)
Fig. 9.7 Examples of P-forms. (a) Sichelwanne at Loch na 
Keal, Isle of Mull, Scotland; (b) curved channel at Loch na 
Keal (Photos: Landform Slides); (c) groove with chatter- 
marks, Maringouin Cape, Bas Saint-Laurent, Canada (Photo: 
C. Laverdiere); (d) large pothole, Finland (Jari Vaatainen, 
from Andersen and Borns, 1994. Reproduced by permission 
of Scandinavian University Press); (e) large bedrock flutes, 
with lateral furrows accentuated, in the median strip of 
Highway 401 at Wilton Creek, Ontario; (f) small-scale flutes 
from Wilton Creek, Ontario; (g) flutes and scallops and their 
association with trough terminations at convergences (C) 
and a pothole (P) at Wilton Creek. (From Shaw, 1988. Repro
duced by permission of the Canadian Journal o f Earth Sci
ences and Elsevier)

subglacial meltwater erosion, and this was an espe
cially attractive interpretation wherever P-form 
assemblages include potholes (e.g. Gjessing, 1967a; 
Holtedahl, 1967). Potholes on former glacier beds 
are morphologically similar to those scoured out by 
turbulent subaerial streams, and have detailed fea
tures strongly suggestive o f fluvial flow. For exam
ple, some potholes have rising, spiralling grooves 
incised on their walls (Brogger and Reusch, 1874; 
Faegri, 1952; Kor et cil., 1991). Early researchers 
suggested that subglacial potholes marked the posi
tion o f plunge pools at the lower end o f moulins 
carrying meltwater from the glacier surface (e.g. 
Brogger and Reusch, 1874; Upham, 1900; Gilbert, 
1906b; Fuller, 1925; Marr, 1926; Faegri, 1952). 
However, the impermanence of moulins and the 
unlikely scenario o f water descending from the glac
ier surface to the bed in one unbroken fall cast doubt
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(a)

- ; 9.8 Aerial photographs of the Henvey Inlet area, 
I ' -; - : showing widespread P-forms. (a) General view

~z "jrrows and intervening rock drumlins. Ice flow 
•. =rds the south-west (arrow), cutting across the 

5 E---e"ding rock structure. Arrow length equivalent to 
■ : 1 ~ c Detail of boxed area showing a group of sichel- 
я ч г г -tr s furrows (f) and rock drumlins (d). (From Kor et 
-- . " Oriario Ministry of Natural Resources air photo- 
o - ic r  ^529-36-192)

т :■ * - _ general explanation, prompting the devel- 
i".er ideas. In a review of pothole erosion,

- - : 2 proposed that subglacial potholes 
*o e  - cut in the bed of subglacial con-

of the presence of spiral grooves 
■gprer • ~e\ flow. Several later studies pro

posed that potholes were initiated by cavitation 
erosion where turbulent subglacial or englacial 
streams struck bedrock at an angle (Section 3.6.2; 
Hjulstrom, 1935; Streiff-Becker, 1951; Higgins, 
1957; R. Dahl, 1965).

Recently, some workers have argued that all P- 
forms are eroded by subglacial meltwater, on the 
grounds of their morphological similarity to scours 
eroded by fluids (Bernard, 1971a, b, 1972; Sollid, 
1975; Allen, 1982a; Shaw and Kvill, 1983; Shaw and 
Sharpe, 1987). For example, Allen (1971a) drew 
attention to the fact that sichelwannen closely resem
ble bedforms produced by fluvial erosion of soft 
bedrock. The possibility that such forms could be 
eroded by flowing water was demonstrated experi
mentally by Hjulstrom (1935), who reported the 
production of sichelwannen in a metal plate by the 
process of cavitation in turbulent water flowing 
around a bolt. Shaw (1988c, 1994), Sharpe and Shaw 
(1989) and Kor et al. (1991) argued that P-forms are 
eroded by vortices in turbulent subglacial melt
water streams which impinge upon the rock bed over 
short distances (see Bernal and Roshko, 1986). 
Sichelwannen and comma forms were explained as 
the products of erosion by horseshoe vortices set up 
in subglacial meltwater by bedrock obstacles in the 
boundary layer (Fig. 9.9). The fluvial hypothesis is 
based almost entirely on a form analogy between 
P-forms and non-glacial forms scoured by fluid 
flows, and the similarity between such forms and 
scours eroded around obstacles by wind and water is 
indeed very striking. However, the fluvial hypothesis 
cannot explain the striated surfaces of many P-forms, 
or the fact that longitudinal P-forms are commonly 
parallel to adjacent striae over long distances.

The presence of striae in P-forms is often cited as 
evidence of their erosion by glacier ice (Carney, 
1910; H.T.U. Smith, 1948; Goldthwait, 1979), but 
opponents of the ice erosion hypothesis always 
allude to the fact that striae occur only on parts of 
many P-forms and often do not occur at all, suggest
ing that glacial erosion merely ornamented the P- 
forms after they were cut by meltwater (Chamberlin, 
1888; Ebers, 1961; Sollid, 1975; Shaw, 1988c, 
1994). It has also been argued that many P-forms are 
too tortuous to have been eroded by basal ice. How
ever, Boulton (1974) observed P-forms in contact 
with debris-rich basal ice beneath Breidamerkur
jokull and Glacier d’Argentiere. Boulton (1974. 
1979) argued that P-forms are eroded where basal 
debris concentrations are higher than average, ou ing 
to differentia] ice flow around bedrock protuber
ances. Ice flows more rapidly around the 'id e ' : 
obstacles than over the tops, concentre! "-: debn>- 
rich ice in the troughs between obstacle', гг \ :Jing 
conditions favourable for the erosior. : __ e:: - and 
grooves on the flanks of roche' ~ r.r.ee> Fig.
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9.10). In addition, Boulton (1974) observed that 
sichelwannen in subglacial positions occur near 
points of cavity closure, which he considered to 
reflect enhanced basal ice pressure against the bed 
and streaming of debris-rich ice around bedrock 
obstructions. In Boulton’s view, it is the enhanced 
plastic flow of basal ice around obstructions and its 
separation into debris-rich and debris-poor streams

Basal debris _
bearing ice_

that is responsible for the differential аЬт-мш 
bedrock substrates into most P-forms. He 
that potholes and other fluvial forms nt;. . 
but they relate to phases of fluvial eros. г i 
bed and should not be considered as glacial/. 
P-forms merely because they are juxtap< : 
holes within other P-forms are explained b> r . 
(1974) as the products of alternating flu . .

Flow lines descend 
towards bed

^Undiverted flow lines 
along crest line Flow lines : - 

around =

Transverse flow 
thickens basal debris 
layer on flanks

4
Bedrock 
obstruction 

Basal ice 
flow diverted

Fig. 9.10 Lateral and vertical migration cr 
caused by the streaming of basal ice arou" 
obstructions. (From Drewry, 1986, after £: 
1979)

REMNANT
RIDGE

BOUNDARY 
’ • V\ LAYER

GROOVE

VORTEX
INSTABILITY

FREE FLOW

OBSTACLE
SHOULDER

FREE
FLOW

VORTEX
LINE

HORSESHOE
VORTEX

-VORTEX AMALGAMATION
MAXIMUM
SCOUR

Fig. 9.9 Proposed mecha^ :~ 
erosion of sichelwannen b. 
(From Shaw, 1994. Reprod^it: : 
mission of Elsevier)
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glacial erosion which may take place on a yearly 
basis or over longer timescales. Furthermore, where 
ice streams over the top of a pothole it may undergo 
pressure fluctuations, and therefore P-forms may 
emanate from potholes.

If glacier ice is responsible for the erosion of 
P-forms, then abrasion forms such as striae should 
occur not just on the walls of individual forms but 
also in the tightest comers. It is sometimes claimed 
that ice is unable to stream in tight folds and in 
different directions over small distances, which rep
resents a major flaw in the ice abrasion hypothesis. 
However, observations made by Rea and Whalley 
(1994) in a large cavity beneath an outlet of Oks- 
ijordj0kelen showed that ice can be squeezed 
through narrow openings and can turn acute corners 
into cavities, resulting in a wide range of striae align
ments over small distances. Furthermore, Demorest 
(1938) documented striae cut at 90° to the main 
glacier flow direction, owing to localized ice defor
mation into transverse trenches. Striae cut vertically 
into the lee-side faces of rock steps in the proglacial 
area of Oksfjordj0kelen attest to the abrasion of 
widening joint systems by small ice streams moving 
in a direction totally different from that of the main 
glacier flow (Rea, 1994; Rea and Whalley, 1994). An 
example of striae conforming to a P-form on a 
whaleback is shown in Fig. 9.11.

A hybrid origin for at least some P-forms was 
proposed by Boulton (1974), who grouped them into:
(a) glacially abraded forms such as cavettos, sichel
wannen and troughs; (b) fluvially eroded forms such 
as potholes; and (c) intermediate forms, which are 
less easy to classify but have been affected by fluvial 
and glacial processes. Boulton’s approach accepts 
the role of both subglacial fluvial erosion and glacial 
abrasion but assigns different P-forms to those 
processes. The fact that some of the forms described 
by Shaw (1988c, 1994) carry a strong fluvial signa

Fig. 9.11 Striae conforming to P-form on the side of a 
■vhaleback St Jonsfjorden, Spitsbergen. Ice flow from right
to left. 'Pnotc: D.J.A. Evans)

ture is not in doubt, but those who advocate fluvial 
erosion exclusively for all P-forms are in danger of 
rejecting some of the rare and invaluable subglacial 
observations available to glacial research. Because 
the P-forms of the Isle of Mull, Scotland, contain flu
vial and glacial signatures, Gray (1992) proposed a 
two-phase evolution regardless of the specific P-form 
type: fluvial erosion by corrasion and cavitation fol
lowed by glacial abrasion. Such interpretations are 
prompted by the fact that striae commonly only par
tially cover the surfaces of P-forms, possibly record
ing partial ornamentation of fluvial forms by glacier 
ice. However, the distribution of striae in grooves is 
perhaps better explained by the fact that the glacially 
eroded grooves acted as drainage routeways during 
deglaciation and underwent cosmetic changes by 
limited meltwater erosion.

9.3 INTERMEDIATE-SCALE 
EROSIONAL FORMS
Intermediate-scale erosional forms reflect the inter
action between geology, topography, and patterns of 
ice and water flow. For this reason, they can yield 
important insights into former glacial conditions, 
particularly when morphological studies are com
bined with modern glaciological theory. In this 
section, we consider roches moutonnees, whalebacks 
and rock drumlins, crag and tails, and channels.

9.3.1 Roches moutonnees
Roches moutonnees (singular: roche moutonnee) are 
asymmetric bedrock bumps or hills with abraded 
up-ice or stoss faces and quarried down-ice lee faces 
(Fig. 9.12). The name was first introduced by de 
Saussure (1786), based on a fancied resemblance to

Fig. 9.12 Roche moutonnee on the Isle r* :< .e 5:r: and. 
Ice flow from right to left. Note the c- 2 "  'ace and
the abraded stoss face. (Photo: D.l. B e "
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the wavy wigs of that period, which were called 
moutonnees after the mutton fat used to hold them 
in place. Roches moutonnees range in size from 
less than 1 m to several hundreds of metres across. 
Some researchers have regarded roches moutonnees 
as one part of an erosional continuum, ranging from 
small asymmetrical rocks to major bedrock steps 
(Lewis, 1947; Rudberg, 1973; Laverdiere et al., 
1985), although the term ‘roche moutonnee’ usefully 
describes asymmetric erosional forms at all scales. 
Examples of large roches moutonnees are the asym
metrical granite hills of New England (up to 1.3 km 
long and 50 m high; Jahns, 1943) and Deeside, north
east Scotland (up to 150 m high; Sugden et al., 1992; 
Fig. 9.13). Very large asymmetrical hills, known as 
flyggbergs, occur in parts of Sweden and are up to
3 km long and 350 m high (Rudberg, 1954). Large 
asymmetric hills may have smaller roches mouton
nees superimposed on their surfaces (Glasser and 
Warren, 1990).

The distribution of small-scale erosional forms 
on the surfaces of roches moutonnees in part of 
Finland has been studied by Rastas and Seppala
(1980). Striae are widespread on the stoss sides, 
except for steep upglacier-facing surfaces, and striae 
and friction cracks occur together on gently sloping 
stoss-side surfaces (Fig. 9.14). Polished facets are 
confined to the flanks and gently sloping surfaces of 
the lee sides, and plucked surfaces are found on steep 
downglacier-facing parts.

The large-scale form and surface morphology of 
roches moutonnees reflect the distribution of stresses 
in bedrock humps beneath sliding ice, and the asso
ciated processes and patterns of rock failure. On the 
stoss side of humps, normal stresses are higher than 
average and particles held in basal ice are brought 
towards the bed, increasing the effectiveness of abra
sion (Section 5.3.2; Boulton, 1974; Hallet, 1979a). In 
contrast, normal pressures on the lee side are lower 
than average, encouraging the formation of cavities 
and suppressing abrasion. Instead, the presence of 
cavities on the lee side of bumps promotes crack 
propagation and fracture in the bedrock just upstream 
from the cavity, particularly under conditions of fluc
tuating water pressures (Sections 5.3.3 and 5.3.4; 
Iverson. 1991; Sugden et al., 1992; Hallet, 1996). 
The preferential action of abrasion and quarrying on 
the stoss and lee sides, respectively, of bedrock 
•'umps leads to the evolution of the classic roche 
m >utonnee form. Study of preglacial joint structures 
:r. large roches moutonnees in New England by Jahns

J -5 i indicated that 33 m of rock had been removed
■ quarrying from the leesides compared with a 

:~!um of only 4 m on their abraded stoss ends.
■ - case, therefore, quarrying was a far more 

. rrocess of subglacial erosion than abrasion. 
:k sugge>b that quarrying is generally the

(m)

(a)

( b )

Fig. 9.13 Large roches moutonnees on Deeside, Scotland, 
(a) Measured cross-profiles. (Modified from Sugden et al., 
1992) (b) Giant roche moutonnee. Note trees for scale. 
(Photo: N. Glasser)
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i ' ~/  STREA M LIN ED  '"z o n e  of'
----------

deep striae > ( ( ( ( ( W f»

4 ----- » <f(((«‘>
SIDE friction cracks

Л \  ---- H-*

PLUCKED
SIDE

---- :---- ►overall ice flow
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ice flow

□
overall ice flow

No str ia t ion

Zone of striae

Plucked surface

Zone of friction c racks

Edge of plucked area

Fig. 9.14 Idealized distribution of small-scale 
erosional forms on roches moutonnees in plan 
(A) and profile (B) view. C: Stereographic 
model (upper-hemisphere projection) of the 
distribution of small-scale erosional feaures on 
roches moutonnees. Arrow indicates ice flow 
direction. (From Chorley et al., 1984, after Ras
tas and Seppala, 1981. Reproduced by permis
sion of Methuen)

more important process (Boulton, 1979; Drewry, 
1986; Iverson, 1995), thus explaining why roches 
moutonnees are such widespread forms in glaciated 
hard-rock terrain.

The important role of cavities in the quarrying 
process suggests that roches moutonnees will tend to 
form where low-pressure cavities exist at the glacier 
bed. Such cavities are most likely below thin ice 
■• here the average ice overburden pressure /?; is low, 

and in areas where subglacial water pressures 
-ndergo large fluctuations due to variations in the 
' apply of meltwater from the glacier surface (Sec- 
:: ns 4.5.3 and 5.3.3; Iverson, 1991; Sugden et al., 
992). It may be expected, therefore, that roche mou- 

:: nnee formation will be encouraged below thin, 
temperate valley glaciers and near the melting mar
gins of ice sheets. Empirical support for this idea has 
'■e en provided by Sugden et al. (1992), who noted 

boulder trains originating from the leesides of
■ cnes moutonnees in north-east Scotland extend 

a few hundred metres downflow. Such short 
'port distances indicate that the trains relate to a 

ve of erosion at the end of the last glacial cycle,
- . :ce was thin and meltwater was abundant.

The morphology of roches moutonnees is also
■ _.gl\ influenced by bedrock structure (Matthes, 

Demorest. 1937; Zumberge, 1955; Gordon, 
and Seppala, 1981; Laitakari and Aro, 

Iе '. ' G ._"e r and Warren, 1990; Sugden et al.,

1992). Quarrying and plucking are encouraged by 
the presence of favourably oriented joint systems and 
other pre-existing fracture surfaces (Fig. 9.15). In 
some situations, limited plucking can even occur on 
stoss-side surfaces. The influence of jointing on the 
evolution of a granite roche moutonnee was recon
structed by Sugden et al. (1992) and is shown in Fig. 
9.16. The initial stages of quarrying exploit sheet 
joints developed parallel to the original ground sur
face, yielding arcuate slabs. As erosion progresses, 
deeper vertical and horizontal tectonic joints are 
exposed, leading to the creation of a stepped lee-side 
profile.

Some researchers have suggested that roches 
moutonnees are essentially remnants of preglacial 
weathering which have been only slightly modified 
by glacial erosion (Leiviska, 1907; Davis, 1909: 
Sahlstrom, 1914: Demorest, 1939; Mattsson, 1960. 
1962; Lindmar-Bergstrom, 1988; Lindstrom, 1988). 
According to this view, roches moutonnees are 
immature glacial erosional forms which would be 
completely removed by lee-side cliff retreat under 
prolonged glaciation. Lindstrom (1988) regarded this 
‘weathering hypothesis’ as an alternative to the ‘clas
sical glacial theory’, but the two models are in fact 
complementary. Some roches moutonnees d appear 
to be slightly modified preglacial hilN (Jahn>. .943: 
Rudberg, 1954; Sugden and John. 1976: Lindstrom,
1988), but in many areas, such as the floor> of cirques
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Fig. 9.15 Schematic relationships between bedrock structure and glacial erosional forms. (A) Quarried lee slopes associated 
with 1: jointing; 2: massive rocks; 3: steep down-ice dipping foliation; 4: up-ice dipping joints. (B) Patterns of abrasion asso
ciated with 1: massive rocks; 2: steep up-ice-dipping foliation; 3: down-ice-dipping joints. (C) Quarried stoss slopes associated 
with 1: down-ice-dipping joints; 2: up-ice-dipping joints with layers truncated on up-ice sides; 3: up-ice-dipping joints with 
layers truncated on down-ice sides. (D) Quarried lateral slopes (transverse cross-sections) associated with three structural pat
terns. (From Gordon, 1981. Reproduced by permission of Scandinavian University Press)

ice flow

sheeting and vertical joints

-ig. 9.16 Model of evolutionary stages in the formation of 
'zzzes moutonnees based upon examples in eastern Scot- 
a-c: stage 1 involves the removal of lee-side surface slabs 
r :  :^e exploitation of topographic sheeting; stage 2 
~ : . es the up-ice migration of vertical faces with a limita- 

• the depth of crack propagation; stage 3 involves
' ■ . iz  :  = ear "g and successive cycles of deepening; 
: - - " . :  .es the oroduction of the typical roche mou-

- - : - :' = f  a sta v case cliff and an abraded upper 
: : * =d -'z— S^-gde" eta/., 1992)

and troughs, they are clearly entirely due to differen
tial glacial erosion. Between these end-members 
there is likely to be a continuum of forms with vary
ing degrees of inherited topography.

9.3.2 Whalebacks and rock drumlins
Whalebacks and rock drumlins are elongate, 
smoothed bedrock bumps which lack the quarried 
lee faces characteristic of roches moutonnees (Lin
ton, 1963; Sugden and John, 1976; I.S. Evans, 1996). 
Whalebacks are approximately symmetrical, looking 
rather like the backs of whales breaking the ocean 
surface (Fig. 9.17), whereas rock drumlins (also 
known as tadpole rocks', Dionne, 1987) are asym
metrical, with steeper stoss faces and gently tapering 
lee sides. Both are commonly ornamented with abun
dant striae, friction cracks and P-forms. Whalebacks 
up to 1km long have been described by I.S. Evans 
(1996) from the Coast Mountains of British Colum
bia, Canada.

The absence of quarried lee faces on whalebacks 
and rock drumlins is thought to imply that low-pres-
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(a)

(b)
Fig. 9.17 Erosional bedforms on the foreland of Nigards- 
breen, an outlet glacier of the ice cap Jostedalsbre, Norway, 
(a) Whaleback (Photo: D.l. Benn); (b) rock drumlin. (Photo: 
D.J.A. Evans)

sure cavities did not exist at the glacier bed during 
their formation (I.S. Evans, 1996). Cavity formation 
is suppressed below thick ice where average ice over
burden pressures are high, and in such situations 
abrasion may take place over most of the bed, creat
ing smoothed, symmetrical whalebacks. According 
to Evans, whalebacks can form below ice a few hun
dred metres thick, but are best developed where ice 
was 1-2 km thick. Asymmetrical rock drumlins are 
thought to occur where abrasion is focused on the 
stoss side, and both abrasion and plucking are sup
pressed on the lee side. Such conditions may exist 
where either: (a) normal stresses over the lee side of 
bumps are low enough to inhibit abrasion, but too 
high to allow cavity formation; or (b) cavities form, 
but are not subject to the fluctuations in water pres
sure that encourage quarrying. The latter condition is 
most likely to occur where surface meltwater is pre
vented from reaching the bed, such as beneath ice 
streams in polar areas which have surface layers of 
cold ice (R. le B. Hooke, cited in I.S. Evans, 1996).

Whalebacks and rock drumlins are widespread on 
the floors of troughs in the Coast Mountains of 
British Columbia, which channelled ice streams 
draining the Cordilleran ice sheet during the last 
glaciation (I.S. Evans, 1996). Such forms may be 
characteristic of erosion beneath thick, fast-flowing 
ice streams and outlet glaciers.

Several other ideas have been proposed to explain 
the formation of whalebacks and rock drumlins. 
These include: (a) the survival of preglacial bedrock 
hills (Lindstrom, 1988); (b) the remodelling of 
roches moutonnees and the removal of quarried faces 
due to changing ice flow directions (Veillette, 1986; 
Anundsen, 1990); and (c) bedrock structure which is 
unfavourable to the development of plucked lee faces 
(Gordon, 1981). Subglacial fluvial erosion was also 
considered by Kor et al. (1991), because rock drum
lins are often ornamented with what they interpret as 
fluvially cut P-forms. The occurrence of P-forms, 
however, may simply reflect efficient abrasion due to 
high overburden pressures, high sliding velocities, 
and large areas of intimate ice-bed contact beneath 
thick ice (Sections 5.3.2 and 9.2.4).

9.3.3 Crag and tails
Erosional crag and tails are elongate, streamlined 
hills consisting of a resistant bedrock crag at the up- 
ice end, and a tapering tail of less resistant rock 
extending down-ice. They are produced by the 
streaming of ice around the obstacle, and the protec
tion of the ‘tail’ from erosion. The classic example of 
a crag and tail is Edinburgh Castle and the Royal 
Mile (Fig. 9.18; Sissons, 1967, 1971; D.J.A. Evans 
and Hansom, 1996). In this case, the ‘crag’ is a vol
canic plug of hard, resistant basalt and the ‘tail’ is 
composed of less resistant ash and sedimentary 
strata. In this part of Scotland, soft strata have been 
preferentially removed over large areas, leaving the 
more resistant volcanic plugs and their associated 
residual tails standing prominently on the urban sky
line. The great length of the Royal Mile ‘tail’ indi
cates a long ‘pressure shadow’ in the lee of the crag, 
possibly reflecting high sliding velocities below this 
part of the last ice sheet. Erosional tails may also be 
cut in pre-existing Quaternary sediments. However, 
good exposures are necessary to differentiate such 
features from large flutings and cavity fills deposited 
in the lee of basal obstructions (Sections 11.2.3 and
11.2.7).

9.3.4 Channels
Channel forms, cut by glacial meltwater. ire  ̂ very 
distinctive feature of many glacial la r i'.  ,:r-e - Indeed, 
in polar environments, where glacier _e -lorries a 
relatively small debris load and > . nly frozen
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- Rock reported in excavation 
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Fig. 9.18 Crag and tail: map of bedrock surface around Edinburgh Castle and the Royal Mile. (From D.J.A. Evans and Han
som, 1996, modified from Sissons, 1971)

to its bed, the erosional impact of meltwater is often 
the only imprint left by past glaciations. In this sec
tion, we describe channels formed in subglacial, ice- 
marginal and proglacial environments, and discuss 
their formation in terms of the theory of meltwater 
flow and the erosional processes detailed in Chapter 3.

9.3.4.1 NYE CHANNELS

Nye channels are erosional features cut in bedrock 
and consolidated sediments by subglacial drainage. 
Most extend for a few tens to a few thousands of 
metres, and are up to a few tens of metres wide. (The 
very largest features, however, form major valley 
systems up to 100 km in length known as tunnel 
alleys. The origin of these large, complex forms is 

ii'eussed in Section 9.3.4.2.) Channels can occur 
is isolated features or as part of complex, many- 
цranched systems extending over large areas. Such 

'tems can take the form of dendritic networks,
- ~:lar to subaerial channel patterns, recording effi- 
. er.t 'ubglacial drainage along discrete conduits

r. 3.4.21. or anastomosing systems in which 
- .  trie  channels split and rejoin. Anastomosing
- < . • represent former distributed drainage
■  fcfced-cavitv networks (Section 3.4.4), but may

also be time-transgressive patterns resulting from 
channel migration and switching. Thus, careful work 
is needed in the interpretation of former subglacial 
channel networks to determine whether all parts of 
the system were occupied contemporaneously (e.g. 
Sissons, 1963; Booth and Hallet, 1993).

Water-filled subglacial channels follow paths dic
tated by the hydraulic gradient, which is a function of 
the ice surface slope, subglacial topography and 
glacier sliding velocity (Section 3.4.2). For equilib
rium conditions, the hydraulic gradient is primarily 
controlled by the ice surface slope, so that melt
water channels w ill generally tend to parallel glacier 
flowlines. For this reason, subglacial meltwater chan
nels are commonly known as ice-directed channels. 
The characteristic undulatory long profiles of such 
channels as they cross topographic barriers is one of 
the clearest criteria for distinguishing subglacial 
from subaerial channels (Mannerfelt, 1945; Sissons, 
1958a, 1960a, b, 1961a, 1963; Derbyshire, 1962; 
Bowen and Gregory, 1965).

Many of the characteristics of ice-directed chan
nels can be illustrated by superb examples cut on the 
northern slope of the Cairngorm Mountains, Scot
land (Fig. 9.19). The channels trend obliquely across 
the hillside, guided by the former ice surface, which
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Fig. 9.19 Large meltwater channel cut into bedrock, Cairn
gorm, Scotland. (Photo: C.M. Clapperton)

in this case declined towards the north-east (Sugden 
and John, 1976; Gordon, 1993). Most channels are 
discontinuous, and channels commonly begin at the 
crests of transverse drainage divides or spurs, a pat
tern that reflects variations in the behaviour of water 
flowing over a wavy bed (Shreve, 1972; Sugden and 
John, 1976; Booth and Hallet, 1993). Figure 9.20 
shows how the spacing of equipotential contours 
varies over bedrock bumps, and influences patterns 
of meltwater erosion and deposition. Equipotential 
lines are most widely spaced on the upstream sides of 
bumps, and most closely spaced in their lee. Conse
quently, the erosive power of subglacial meltwater, 
which is a function of discharge and hydraulic gradi
ent, will be greatest on the lee side of obstructions on 
the bed, encouraging channel incision. Conversely, 
limited erosion or even deposition will occur on the 
upstream side of obstructions, where the hydraulic 
gradient is low, explaining the alternation between 
channels and eskers along some drainage pathways 
(e.g. Sissons, 1961b, 1963).

At a local scale, the paths taken by subglacial 
channels are influenced by the bed topography as 
well as the ice surface slope. In particular, channels 
w ill tend to avoid high points on the bed, which are 
areas of high hydraulic potential, and commonly 
cross topographic barriers at low points or cols 
(Mannerfelt, 1945, 1960; Sissons, 1958a; Gjessing, 
1960; Derbyshire, 1961, 1962; Embleton, 1964a; 
Booth and Hallet, 1993). The influence of both ice 
thickness and basal topography on subglacial 
drainage has been examined by Booth and Hallet 
(1993), who compared channel networks cut below 
the Lateglacial Puget Lobe of the Cordilleran ice 
sheet with theoretical patterns predicted by Shreve’s 
(1972) theory (Section 3.2.3). Subglacial channels 
are particularly well developed in this area, and are 
typically lO-lOOm deep, 50-150m wide, and up to 
8 km long. Furthermore, the former ice surface can 
be reconstructed with considerable confidence

Fig. 9.20 Schematic diagram showing the erosion of sub
glacial meltwater channels across a divide. Equipotential 
contours are numbered. (From Sugden and John, 1976)

because of the abundant iceflow indicators and well- 
constrained ice limits, allowing basal equipotential 
contours to be drawn. There is generally remarkably 
good agreement between observed and predicted 
patterns, with many of the major channel systems 
coinciding with or closely similar to reconstructed 
flow paths (Fig. 9.21). Some degree of uncertainty is 
inevitable in such reconstructions because: (a) the 
present distribution of channels may not represent 
the former drainage system at a single point in time, 
but is probably time-transgressive; and (b) the true 
basal topography is commonly partially obscured by 
later deposits. The success of the reconstruction 
despite these problems strongly supports the idea 
that drainage below the Lateglacial Puget lobe was 
through a dendritic system of water-filled Nye chan
nels directed by ice pressure and local topography. 
Such reconstructions, therefore, add considerably to 
our understanding of past glacier dynamics.

Below valley glaciers, high relative relief exerts 
an important control on the location of subglacial 
channels, which commonly follow valley axes. 
Focused meltwater erosion can produce deep, narrow 
slot gorges, such as the 2 m wide, 30 m deep gorge at 
Berekvam, Norway, described by Holtedahl (1967), 
or the 10-20m wide, 60 m deep Corrieshalloch 
Gorge in Northern Scotland. However, it is often 
difficult to determine to what extent pre-existing 
fluvial gorges were influential in guiding subglacial 
meltwater, and how effective deglacial and post
glacial subaerial streams have been in deepen:".,: 
such forms (e.g. de Martonne, 1957; Gjessins. 1 
1966).

Subglacial meltwater flow is also strong.; 
enced by local topography if channels are " 
tially filled with water for much of tbe d a c  
(Section 3.2.3.4). In this case, water 
atmospheric, and hydraulic poter.' _ - r 
solely by elevation. Such condi:: - • _ ,
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(a) (b)
Fig. 9.21 Subglacial drainage of the eastern part of the late Pleistocene Puget lobe of the Cordilleran ice sheet, (a) ; ; 
structed ice surface; (b) comparison of observed channelways and flow paths predicted from a numerical model. (From E : : - 
and Hallet, 1993. Reproduced by permission of the Geological Society of America)

close to glacier margins where ice is thin and tun
nel creep-closure rates are low, and where most 
meltwater is derived from the surface and is thus 
subject to large diurnal fluctuations. Fossil channel 
systems may exhibit increasing conformity with 
local topography with decreasing elevation, with 
predominantly ice-directed channels on the upper 
slopes giving way to downslope-oriented channels 
near the valley floors. Such networks are com
monly time-transgressive systems consisting of 
higher, older elements controlled by the ice surface 
'.ope and lower, more recent slope-directed ele
ments cut below thinning ice in the later stages of 
dedaciation (e.g. Sissons, 1958b, 1961b; Clapper- 
: n. 1971b; Clapperton and Sugden, 1972; Young, 

Gordon. 1993).
Anastomosing systems of Nye channels record 

generations of channel incision or former 
-«.ed-cavity drainage networks (Section 3.4.4).

; ear examples of former linked-cavity systems 
. ; ' . exposed or. limestone bedrock by recent

■ die Glacier de Tsanfleuron, Switzerland 
Stut 1 - '-г . Ca>:leguard Glacier, Alberta,

Canada (Hallet and Anderson, 1980), and Black: «« 
Glacier, Montana, USA (Walder and Hallet. 19“ 
Such systems can be subdivided into five geor - 
phic units, each associated with a different se: of 
subglacial processes; (a) areas of intin:. . 
ice-bedrock contact; (b) Nye channels incised ir 
bedrock; (c) lee-side cavities on the down-ice s.je 
of bedrock obstacles; (d) surface depressions fille-: 
with calcite precipitates; and (e) karst sinkh 
(Fig. 9.22). Areas of intimate ice-bedrock cor.:. : 
are striated, but also display solutional hollows ar: 
calcite precipitates formed during regelation slic;- _ 
(Section 4.5.2; Hallet, 1976a; Sharp et al., 1989~ 
The Nye channels are aligned largely parallel to fc r- 
mer glacier flow, and form an anastomosing rather 
than an arborescent drainage pattern. Many channe 
have blind terminations, although it is possible : 
detect evidence of limited water flow from ore 
channel to another or from channels into cavitie' 
Therefore, the Nye channels act as links between 
lee-side cavities, and together the channels and ca\ • 
ities act as interconnected drainage routewa;- s 
Three types of lee-side cavity were recognized b>

12Г45'

FLU.
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Sharp et al. (1989b): (a) large cavities aligned 
blique to the former ice flow direction; (b) elongate 

channels aligned parallel to former ice flow and 
continuous with Nye channels; and (c) small cavi- 
lies. The large cavities were apparently fully inte
grated into the subglacial drainage system, whereas 
the small cavities were poorly connected. Surface 
depressions or hollows that are almost totally filled 
by precipitates are located at the heads and margins 
of Nye channels. They are differentiated from other 
channels and cavities by their shallowness and lack 
of elongation, and are thought to document cavity 
closure and meltwater freezing during periods of 
low discharge. Karst sinkholes occur in association 
with Nye channels and elongate cavities, indicating

a connection between the subglacial and subter
ranean drainage systems. Sinkholes occur at both 
the upstream and downstream ends of Nye channels, 
suggesting that they feed meltwater into as well as 
receiving meltwater from the channels; a sinkhole 
may provide meltwater during periods when the 
subterranean system is full of water or is blocked by 
glacier ice.

Very impressive fossil anastomosing and dendritic 
channel networks have been described by Sugden et 
al. (1991) and Denton et al. (1993) from the Upper 
Wright Valley, Antarctica (Fig. 9.23). Individual 
channels are up to 50 m deep, and in several places 
are punctuated by huge potholes tens of metres deep 
and across. Sugden et al. (1991) concluded that the

Leeside crests 

Channels

Cavities

л  Precipitate-filled 
3 depressions
*  Hole

Gravel deposits 
in channels

■ Magnetic N

0 metres 5

(a) Fig. 9.22
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( d )  ( e )

Fig. 9.22 Former linked-cavity drainage system exposed on the foreland of Glacier de Tsanfleuron, Switzerland, s 
part of the proglacial area, showing the distribution of erosional features. White areas represent areas of former 
glacier-bed contact. (From Sharp eta/., 1989b. Reproduced by permission of John Wiley & Sons) (b) Detail of an area 
mate glacier-bed contact, showing striated bedrock, solution furrows and subglacially precipitated calcite. Ice flovv л 
left to right, (c) Network of anastomosing Nye channels, (d) Former lee-side cavity, showing water-eroded surfaces, 
cipitate-filled depression at the margin of a Nye channel. (Photos: © M.J. Sharp)

Fig. 9.23 The Labyrinth, г 
spectacular series of sut- 
glacial meltwater channe : 
exposed in front of the Uppe' 
Wright Glacier, Dry Valleys 
Antarctica. The channe; 
stand at the head of the 
trough of Wright Valley, ana 
were cut when the glacier 
was more extensive and wet- 
based. (US Navy Photograph 
TMA 2448, 244. Photo kindly 
supplied by D.E. Sugden)

eS were cut below expanded tongues of the 
Antarctic ice sheet, probably by the cata- 
. -;-lease of water stored in subglacial or sur-

9.3.4.2 TU N N EL VALLEYS

Tunnel valleys (also known as rinnentaler or tunnel- 
dale\ Grube, 1979, 1983; Hinsch, 1979; Kuster and
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Meyer, 1979) are large, overdeepened channels cut 
into bedrock or sediment, which can reach > 100 km 
long and 4km wide (Figs 9.24 and 9.25; O Cofaigh, 
1996). They can occur in isolation or as parts of 
dendritic or anastomosing patterns extending over 
very large areas, and have been recognized in many 
areas formerly covered by Pleistocene ice sheets, 
including North America, north Germany, Denmark, 
Poland, the floor of the North Sea, Britain and 
Ireland (Ehlers and Linke, 1989; N. Eyles and 
McCabe, 1989b; Wingfield, 1989, 1990; Brennand 
and Shaw, 1994). They share many characteristics 
with Nye channels, including undulatory bed-long 
profiles, overdeepened basins along their floors, and 
hanging tributary valleys (e.g. Bowen and Gregory, 
1965; Linke, 1983; Ehlers and Linke, 1989; O 
Cofaigh, 1996). Individual tunnel valleys usually 
have wide, relatively flat bottoms and steep sides,

and the numerous troughs that occur along their 
lengths may be occupied by lakes (rinnenseen; Wold- 
stedt, 1926, 1954). These characteristics provide 
clear evidence that they are excavated by subglacial 
meltwater flowing under hydrostatic pressure, as was 
recognized by early researchers (e.g. Ussing, 1903. 
1907; Werth, 1907; Madsen, 1921; Koch, 1924). Fur
ther evidence for a subglacial origin is the tendency 
for tunnel valleys to terminate abruptly at major 
moraines, where they may grade into large subaerial 
ice-contact fans (e.g. Milthers, 1948; Hansen and 
Nielsen, 1960; Patterson, 1994). The surfaces of 
these fans may lie up to 100 m above the tunnel val
ley bottom, reflecting deposition from pressurized 
meltwater emerging from beneath the ice.

Tunnel valleys may be completely infilled by thick 
sedimentary successions, including glacigenic, glaci- 
fluvial, glacilacustrine, glacimarine and non-glacial

Fig. 9.24 Elsterian bu' =■: 
north-west German. Z'z<~ : ; 
1984. Reproduces с . :*
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Fig. 9.25 The impressive Gwaun-Jordanston subglacial drainage network in Pembrokeshire, west Wales. The steep-sided 
and flat-floored channels are cut in bedrock, are up to 45 m deep and have a combined maximum length of 20 km. (From 
Sugden and John, 1976)

deposits, and may not have any clear topographic 
expression on the surface (O Cofaigh, 1996). In 
such cases, detailed studies o f borehole logs, geo
physical data and sedimentary exposures are neces
sary to determine their morphology and extent. For 
example, buried tunnel valleys incised into chalk 
bedrock up to 75 m below present sea-level in East 
Anglia were discovered only after the analysis o f 
borehole evidence o f anomalous thicknesses o f 
Anglian glacigenic sediments (Woodland, 1970). 
Some care needs to be taken wherever old subaerial 
drainage networks have been re-excavated or par
tially cross-cut by later subglacial tunnel valleys. 
For example, early Pleistocene (preglacial) river val
leys lie buried beneath later glacial sediments on the 
southern Alberta prairies in Canada, and the occur
rence o f chains o f elongate depressions demarcates 
the positions o f subglacial channels, which are often 
centred over the old buried valleys (Stalker, 1961; 
Tokarsky, 1986; D.J.A. Evans and Campbell, 1995). 
In such situations, the long profiles o f the buried 
■ -!ley bottoms reveal that they are normal fluvial 
: rms. whereas the superimposed chains o f depres- 
- on the prairie surface indicate that subglacial 

. ’ лег excavated some o f the glacial sediments 
_ re vallev.

Hansen (1971), Kruger (1983) and Lykke-Ander
sen (1986) suggest that some Danish tunnel valleys 
may in fact be old river valleys excavated by 
proglacial meltwater or even glacier ice (cf. Wold- 
stedt, 1926, 1952; Gripp, 1975). Clearly, ice sheet 
submarginal and marginal processes can modify 
landforms considerably through one or several 
glacial cycles, and therefore many tunnel valley sec
tions could be polygenetic. Despite the tendency for 
subglacial streams to reoccupy their former courses, 
the north German tunnel valleys largely cut across 
the early Pleistocene river networks.

There is no completely satisfactory explanation of 
tunnel valley genesis (O Cofaigh, 1996). A  major 
problem concerns the very large size o f the channels, 
which, i f  they ever experienced bankful 1 conditions, 
would imply water discharges far in excess o f those 
that could be maintained by steady-state basal melt
ing. Two main theories have been advanced to over
come this difficulty: (a) tunnel valleys could result 
from progressive excavation o f sediment by normal 
discharges in conjunction with subglacial sediment 
deformation; or (b) they could be excavated by 
extremely large, transient discharges associated with 
catastrophic lake drainage events. These ideas are 
discussed in turn below.
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Drainage over subglacial deforming sediment
Tunnel valley genesis has been explained by Shoe
maker (1986a) and Boulton and Hindmarsh (1987) 
as the result of steady-state meltwater drainage over 
-ubglacial deforming sediment. They argued that 
'л here subglacial discharges cannot be accommo
dated by Darcian groundwater flow, piping failure 
-ill initiate subglacial drainage conduits which will 

nelp to maintain glacier stability (Section 3.4.5). 
According to this model, deforming sediment will 
:end to creep into the conduit, whereupon it is 
Pushed out by meltwater. Continued sediment exca
vation by this process is argued to result in the for
mation of a valley system much larger than the active 
jonduit (Fig. 9.26). The final stage of this process 
xcurs when discharges fall, and the conduit fills 
•vith sediment and contracts by ice creep.

There are two main problems with this model (O 
Cofaigh, 1996). First, there is little field evidence in 
'Upport of the idea that sediment deformation occurs

r g. 9.26 The evolution of a sediment-floored tunnel val- 
e. according to Boulton and Hindmarsh (1987). Sediment 
'e-eDS nto the tunnel, and is then carried away by sub- 
: =: a ~e:.-.ater. (Provided by C. Patterson, after Boulton 
=-■= - -c-a-sh 1987)

in conjunction with tunnel valley excavation (Barnett.
1990), although many tunnel valleys do occur in 
areas where there are extensive deformation tills 
(Mooers, 1989a; Patterson, 1994). Second, the exca
vation of deep channels by sediment deformation 
into conduits is at odds with recent ideas of sub
glacial hydrology, which indicate that sediment 
deformation should be suppressed in the vicinity of 
conduits (Sections 3.4.5 and 3.4.6; Alley, 1992b; 
Hubbard et a l., 1995). Furthermore, Walder and 
Fowler (1994) argue that excess drainage over 
deformable beds should take the form of broad, shal
low anastomosing canal systems rather than major 
conduits. It should be emphasized, however, that 
little is known about drainage conditions on soft 
glacier beds, and that much more research is neces
sary before a complete theory is available.

Catastrophic meltwater floods
Several researchers have invoked catastrophic 
drainage events to account for the excavation of 
tunnel valleys. Extensive tunnel valley systems in 
northern Germany (Fig. 9.24) are believed by Ehlers
(1981), Ehlers et al. (1984) and Ehlers and Linke 
(1989) to have been cut by jokulhlaup lake drainage 
below the margins of the Scandinavian ice sheet. 
There is evidence for several generations of erosion, 
and Ehlers and Linke (1989) envisage a complex 
excavation history involving outburst floods and 
intervening periods of resculpturing and widening by 
glacier ice.

Catastrophic floods have also been implicated by 
Wingfield (1990) to account for extensive networks 
of elongate, blind-ended depressions more than 
100 m deep on the floor of the North Sea in the mar
ginal zone of the former Scandinavian and British ice 
sheets, where seismic profiling has enabled the iden
tification of three generations of incision (Fig. 9.27; 
Stoker et al., 1985; Cameron et al., 1987; Wingfield, 
1989). Although there is controversy surrounding the 
interpretation of the North Sea incisions (see review 
in Ehlers and Wingfield, 1991), their similarity to the 
tunnel valleys of northern Europe has prompted a 
genetic comparison with those terrestrial examples. 
Wingfield (1990) proposed that the incisions were 
excavated by rapid headward erosion of channels 
during jokulhlaups from large subglacial lakes. Fea
tures similar to those identified on the North Sea 
floor were reported by Boyd et al. (1988) from the 
Scotian shelf, Atlantic Canada, and were interpreted 
as subglacial tunnel valleys cut beneath either a pre- 
or early Wisconsinan ice sheet extending : the <nelf 
edge.

Extensive tunnel valley networks in - 
Ontario, Canada, have been interpreted as the result 
of exceptionally large catastrophic _r_.nage
beneath the Laurentide ice sheet b\ Brennand and
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Shaw (1994). These networks consist of multiple, 
large anastomosing channels with undulating long 
profiles and deep, overdeepened basins, and com
monly contain eskers running along their floors (Fig. 
9.28). The case for catastrophic lake drainage in this 
region is highly controversial, and is based on radical 
interpretations of many landform assemblages, 
including drumlins, flutings and bedrock erosional 
marks as the products of huge subglacial sheet floods 
(Section 11.2.6; Shaw and Kvill, 1984; Shaw, 1989, 
1994; Shaw et al., 1989). The inferred drainage 
events are too large and extensive to have been sup
plied by subglacial meltwater, and Shoemaker 
(1992b) has suggested that they originated by 
reversed subglacial drainage from proglacial lakes 
supplemented by supraglacial melting. There is no 
independent field evidence for this scenario, and 
there are strong reasons for regarding it as physically 
implausible (Walder, 1994; O Cofaigh, 1996). There 
is therefore a need for critical testing of the outburst 
flood hypothesis, employing a wide range of sedi- 
mentological and geomorphological evidence from 
wide areas.

A radial network of tunnel valleys formed beneath 
the Superior lobe of the southern Laurentide ice sheet 
in Minnesota, USA (Fig. 9.29), has been interpreted 
as resulting from either (a) simultaneous incision by 
catastrophic discharges (Wright, 1973), or (b) multi- 
generational incision during steady-state, stable 
drainage during ice sheet retreat (Mooers, 1989a; 
Patterson, 1994). Like their north European counter
parts, the Minnesota tunnel valleys terminate at sand 
and gravel fans, which are often up to 85 m higher 
than the valley floors and form part of end moraine 
complexes, documenting the deposition of outwash 
by subglacial meltwater escaping from the ice mar
gin under pressure. The distribution of the fan com
plexes and other glacial landforms in the area lends 
strong support for their formation in several stages 
during ice retreat, but the mechanisms of tunnel val
ley excavation remain uncertain (O Cofaigh, 1996). 
Resolution of the debate concerning the origin of 
these and other tunnel valley complexes is clearly 
important, and has wide-reaching implications for 
the nature of drainage below large ice sheets and the 
relative contribution of catastrophic and steady-state 
conditions to landscape evolution and environmental 
change.

9.3.4.3 ICE-MARGINAL (LATERAL) CHANNELS

Water draining along the margins or in submarginal 
г ? nes of glaciers can be responsible for considerable

. 'ion of sediment and bedrock, producing lateral 
:щцп that mark former ice margin positions (Fig. 

'  . ' feature  ̂ are particularly well developed
- j\ ;jiers where meltwater

cannot penetrate to the frozen bed of the ; . . 
Following deglaciation, lateral meltwater ch r̂. -. ■ 
are left perched on valley sides, and are usual.;- 
tinguishable from subglacial and subaerial char-, v 
by their planform and distribution. Lateral cha~ -. к 
may terminate abruptly where the meltwater d:_ I  
down englacial or subglacial tunnels. Margin^ _ - J  
submarginal channels can form nested inse: .seq
uences, which have been used to reconstruct g I.. a  
recession patterns. Ice-marginal channels ha\e " .et 
differentiated from submarginal channels by E - c- 
ton (1964b) on the basis of their gradients: i> г л |

Fig. 9.27 (a)
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m

A b e r d e e n  G r o u n d  F o r m a t i o n

Sea surfaci

: : (a) Major subglacial incisions in the British sector of the North Sea. 1: Major incisions; 2: enclosed deeps; 3: 200 m 
oe:~- ::~tour. (b) Interpretations of west-east seismic profiles, showing three generations of incisions. (Modified from 
5* - =-3 Wingfield, 1991)

- .. . > are 1:300 for marginal channels, but as 
. .. ' :45 to 1:25 for submarginal channels.

~ ■. volution of lateral meltwater channels at the 
f subpolar glaciers on Axel Heiberg Island 

ж  r .  Canadian Arctic has been studied by Maag 
Because of the occurrence of permafrost, 

a : r- _ter will often excavate into the glacier rather 
i t . -: bedrock or frozen sediment and therefore 
■di --_:n submarginally; in successive summer sea- 

-reams may reuse old channels even though 
r :he winter they may fill up with snow or

- close owing to ice creep (Fig. 9.31). In

addition, meltwater routes may alternate between 
marginal and submarginal positions, and may drain 
alternately over rock/sediment and glacier ice (D.J.A. 
Evans, 1989b). Furthermore, the simultaneous ero
sion of parallel marginal and submarginal channel' 
was documented by Schytt (1956) for the M I:ke 
Glacier, Greenland. Consequently, lateral ~ . 
associated with subpolar glaciers can be d ~ 
ous and often document submarginal a ' e 1 :ce- 
marginal drainage. Maag (19691 aN - a the 
importance of (a) valley-side slope ar.g . the rro- 
duction of lateral channels, steep -1 re - ~e r.z eroded
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into benches rather than channels, and (b) the nature 
of the substrate. Incision rates as high as 1 m per 
24 hours, due to the combined effect of fluvial and 
thermal erosion, were recorded in frozen gravels on

Axel Heiberg Island. Incision rates and _ г _ - -. t 
depths in bedrock w ill obviously vary accord '  - к 
lithology and discharge magnitudes during сг._- «r 
occupancy.

Eskers 

T "  "} Tunnel channels 

Г " * 1  Interfluves

Multiple escarpment levels 

Limits o f deeper scouring w ithin tu n n e  т 

S /S  Smaller scour zones

Fields of transverse ridges within tu n r^  :  

I ___] Oak Ridges complex

Fig. 9.28 Tunnel valley syster ---: 
associated eskers and other fc—s 
in south-central Ontario. -rz<~ 
Brennand and Shaw, 1°.:- 
Reprinted by permission of ~i* 
Canadian Journal of Earth Scie~:i:
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(b)
Fig, 9.29 Tunnel valleys and 
associated forms of the Late 
Wisconsinan Superior Lobe, 
(a) Tunnel valleys, valley 
mouth fans and the St Croix 
moraine (shaded) in east- 
central Minnesota and Wis
consin, USA. A: Comfort Lake 
tunnel valley and fan; B: Buf
falo Lake tunnel valley and 
fan; C: Goose Lake tunnel 
valley and fan; D: Arsenal 
fan and Lino Lakes tunnel 
valley system; E: Elk River fan 
complex, (b) Aerial photo
graph of Comfort Lake fan 
and associated tunnel valleys 
partially delineated by elon
gate lakes. (From Patterson, 
1994. Aerial photograph by 
Mark Hurd Aerial Surveys)

L-ieral meltwater channels cut along the cold- 
\ - i  northern margins of the Laurentide ice sheet 

_ been mapped by Dyke (1983, 1993b) and Dyke 
1992), who used them to reconstruct regional 

r-v.rms of ice recession (Fig. 9.30). Extensive flights 
: "'et meltwater channels with very shallow grad-
- - > are evident on the upper slopes of the fjords and 
"ervening plateaux of south-east Ellesmere Island

: Canadian Arctic, documenting meltwater drain- 
. _ - al 'ng the margins of low-gradient fjord glaciers. 
; _ treat patterns of subpolar glaciers have been recon- 

- - ted for large areas of Ellesmere Island using
■ minent lateral meltwater channels in conjunction 

■« ■". ther ice-marginal accumulations (Bednarski, 
Lemmen, 1989; England, 1990; D.J.A. Evans,

- . Lateral channels have also been mapped by 
n 1993) in north-east Scotland, where they are 

. —ed to have formed during the retreat of cold-
■ _ o lobes of the last (Devensian) ice sheet.

V though lateral meltwater channels are best
- - t>ed along cold-based glacier margins, they
- r been reported from regions where glaciers were

. • \\ temperate. For example, in the Canadian 
l-"... lateral meltwater channels demarcate the

receding margins of valley glaciers debouching from 
the mountain icefield (Fulton, 1967; Tipper, 1971; 
Dyke, 1990b). These are explained by Dyke (1993b) 
as the product of either: (a) high subglacial water 
pressures deflecting some surface water along the 
glacier margins; (b) spring snow melt on surrounding 
slopes and meltwater drainage along the glacier 
margin while the bed was still frozen after the pene
tration of the winter cold wave; or (c) cold-based 
conditions in the outer marginal zone of otherwise 
temperate glaciers. Where numerous, closely spaced 
lateral channels have been cut in a slope in associa
tion with the retreat of an ice margin, it has been 
suggested that each channel may record the drainage 
of one melt season (e.g. Mannerfelt, 1945. N---. 
Sissons, 1958b). Although caution is warranted ith 
such interpretations, especially in situation' - . \ 
meltwater may have originated from 
lakes, Dyke (1993) proposed that the о . .  ...
lateral meltwater channels of the cer.t:_ \ .....
Arctic display a very fine temporal resolut t. per 
of ‘melt event’ scale.

The diversion of large rivers by ad . . . . . ' 
can result in the excavation of - . tannels
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along the glacier margins. Such channels, known as 
urstromtaler, mark successive marginal positions of 
the Scandinavian ice sheet in Poland, Germany and 
the Netherlands (Woldstedt, 1955; Neef, 1970; 
Woldstedt and Duphorn, 1974; ter Wee, 1983; Ark

hipov etal., 1995), with continuations on the G . — _■ 
Bight sector of the North Sea (Figge. 1983». 
urstromtaler mark the positions of the mai:- E_r - 
pean rivers after they were diverted from the:: г 
south-north drainage direction by the advanc:-; ic

=4. *эа
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(b)

Fig. 9.30 Lateral meltwater channels cut at the margins of 
predominantly cold-based glaciers at the end of the last 
g aciation in the Canadian Arctic, (a) Eastern Borden Penin- 
5j a, Baffin Island, (b) The head of Flagler Bay, Ellesmere 
siand. (Aerial photos: Department of Energy, Mines and 
Resources, Canada)

>heet to flow in a westerly direction along the ice 
margin.

9.3.4.4 PROGLACIAL CHANNELS AND FLOOD
TRACKS
Channels and gorges cut by proglacial streams can 
achieve impressive dimensions, owing to the erosive 
power of high discharges and sediment loads during 
peak flows. In areas formerly occupied by glacier ice, 
'uch channels can originate as subglacial Nye chan
nels and undergo subsequent subaerial enlargement 
_::er deglaciation, and the relative contribution of 
'ubglacial and subaerial erosion can be unclear (Sec- 
tion 9.3.4.1).

The very largest proglacial channels, however, are 
cut by glacial outburst floods or jokulhlaups (Section
5.5 . The immense erosive capacity of such floods is 
rerhaps most clearly demonstrated by the Channeled 
4 _ablands of Washington State, USA (Baker, 1981; 
Baker et a l, 1987), which are the deeply dissected 
remnants of the formerly extensive loess and basalt 
deposits of the Columbia Plateau. This landscape 
. as first attributed to erosion by a large jokulhlaup, 
referred to as the Spokane Flood, by J. Harlen Bretz

ST EEP  SLOPE 
(PERMAFROST)

GENTLE SLOPE 
(PERMAFROST)

Fig. 9.31 Meltwater channel development at the margins 
of subpolar glaciers based on examples from Axel Heiberg 
Island, arctic Canada. (A) The development of a 
marginal/submarginal channel. 1: marginal drainage at the 
beginning of the melt season; 2: marginal stream undercuts 
the ice edge; 3: collapse of the ice margin and submarginal 
drainage; 4: beginning of the subsequent melt season - 
snow covers previous year's depression and the ice cave sur
vives; 5: drainage reuses the former channel. (B) The effects 
of slope on the morphology of ice-marginal meltwater 
channels. (From Embleton and King, 1975, after Maag, 
1969)

in a series of controversial publications (e.g. 1923a, 
b, 1927, 1969; Bretz et al., 1956). It was not until the 
1960s that Bretz’s ideas of a proglacial flood were 
finally accepted, largely because of the absence of an 
obvious source for a flood large enough to accom
plish such massive erosion. Comprehensive coverage 
of the controversy surrounding the acceptance of 
Bretz’s flood hypothesis has been provided by Gould
(1980), Baker (1981) and Baker et al. (1987), who 
regard the Spokane Flood as one of the most valuable 
of what William Morris Davis endearingly entitled 
‘outrageous geological hypotheses’, which challenge 
accepted thinking and offer a new paradigm.

The Channeled Scablands are now known to have 
been created by catastrophic drainage of Glacial 
Lake Missoula, a large ice-dammed lake ponded up 
by the margin of the late Pleistocene Cordiller^r. .e 
sheet, and for this reason the Washington fl os _re 
sometimes referred to as the Lake Mis- 
(Fig. 9.32). Glacial Lake Missoula in M -. 
a maximum volume of approximatel;- I f  • . 
on several occasions drained c_:_'0 phically 
through the ice dam, releasing up : 1 --sin of 
water (comparable to the volume of Lake Ontario;
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:ke t r al.. 1984b: Clarke, 1986). The floodwaters 
nved across the northern part of the Columbia 

ards the Pu<co Basin and then down the 
« -iribia Ri •. er vii!le\ towards the Pacific Ocean 

- I. Baker. "За. b: Waitt, 1980, 1984.

(a)

Fig. 9.32 (a) The course of the Lake Missoula floods (hori
zontal dash pattern) and the location of the Channeled Sca- 
bland of Washington. The Cordilleran ice sheet (dot 
pattern) and ice-dammed lakes (coarse Stipple pattern) are 
also shown. (From Baker et al., 1987. Reproduced by per
mission of the Geological Society of America) (b) Landsat 
image of the Columbia Basin showing the flood tracks (F)

1985; Waitt and Thorson, 1983; Baker and Bunker, 
1985). The awesome erosional capacity of these 
floods is manifest in the Channeled Scablands, which 
comprise ‘a great anastomosis of flood channels and 
recessional gorges replete with a bizarre assemblage 
of erosional and depositional landforms such as 
rock basins, giant cataract alcoves, large residual 
“ islands” , great bars of gravel, and giant current 
dunes’ covering an area of approximately 40,000 km" 
(Baker et al., 1987; Figs 9.32 and 9.33). The esca
ping waters stripped a cover of loess up to 60 m thick 
and plucked out basalt blocks from channel walls and 
floors, in many cases leaving isolated mesas or table
lands, known locally as scabs, between channels. In 
confined channels, water depths attained 100-200 m, 
reaching almost 300 m in the narrow eastern entrance 
to the Columbia River gorge. Some channels were 
enlarged by the headward retreat of major waterfalls; 
one of the largest. Dry Falls, was over 5 km wide and
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■ r  ! ' s.

(d)

‘ ь г с  - -ц-.̂ res of the Channeled Scabland of Washington/Idaho, USA. (a) West Potholes cataract. The water 
■•tar "*rr- - ;e p, over 100 m cliffs and into 40 m deep plunge basins. Boulders 30 m in diameter were carried from 

• ■ ■ a a n r  « : : i :  :s  ted in huge bars downstream, (b) Dry Falls cataract complex, (c) Butte-and-basin scabland develop- 
«■■r ■ j x t  - : - - d) Giant current ripples near Spirit Lake, Idaho. The gravel ripples are spaced 85 m apart and are 
Ш в т ф *  an- . ~ -zi: ; 'om Baker et al., 1987. Reprinted by permission of the Geological Society of America)

1 Я  ....  Fig. 9.33b). Baker (1973a, 1981)
■ I M c  t~. 1987) concluded that the greater 

г в  . ■ - n was achieved in one or a few 
■nam  . rge floods, perhaps over a period of
tatan. « D  » g • _:tt 1 1980, 1984, 1985) has argued 
А ж  Uerri *r.- t 40 flood events. Various calcu- 

r r d discharges from Glacial Lake 
Hmbm . •_ : ~een attempted, and range from 2.7 to 

I  - <-c . astounding figures equivalent to 
t a e * » . 2 - 2'' times the mean flow of all the 
■emit -.to the oceans (Baker, 1973a; Clarke
ш-я -- _rke. 1986; Baker etal., 1987; O ’Con- 
шя л и  R a j-т. 1992).

~т _ andforms of the Channeled Scab-
grouped into three categories by 

ЗШкГ~ Л- i9$7);

Soa complexes are formed by the
.. . - t bedrock. Experiments show that

forms such as longitudinal grooves, potholes and 
transverse erosional ripples eventually become 
incised by inner channels, which migrate upstream 
by knickpoint recession. This has been modelled 
for the Channeled Scablands by Baker et al., 
(1987), who inferred a five-stage evolutionary 
sequence. During phases I and II the loessic man
tle was streamlined and incised. Phase I I I  was 
marked by plucking of the underlying well-jointed 
basalt lava flow by turbulent vortices or kolks. Pot
hole enlargement and coalescence during phase 
IV  led to the development of butte and basin 
topography, and phase V  was characterized by the 
growth of inner channels and cataract recession.

2. Streamlined erosional residuals are isolated loess 
hills with approximately lemniscate planforms. 
interpreted as erosional islands which have been 
streamlined to reduce the drag or re^'tance to 
flowing water (Chorley, 1959: Bake- and Kochel,
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1978; Baker, 1979; Komar, 1983, 1984). Lemnis- 
cate forms are defined and discussed in Section
11.2.4.1.

3. Scour marks are produced wherever obstacles 
exist within scabland channels. Such obstacles 
w ill initiate a horseshoe-shaped vortex and scour 
hole at their upflow boundaries and a wake vortex 
in the downstream zone of flow. Analogous small- 
scale forms can be observed in wind-blown sand 
or snow in the vicinity of fence posts or other 
obstacles. Scour marks may be associated with 
lee-side depositional forms known as pendant 
bars, depending on flow conditions.

Giant depositional features also occur in the Chan
neled Scablands, including bars tens of metres high 
on the floor of channels, and giant current ripples 
between 1 and 15 m high and spaced between 20 and 
200 m apart (Bretz et a l, 1956; Baker et al., 1987). 
When viewed from above, the crest forms of the 
gravel waves are similar to those of normal sand 
ripples or dunes but are composed of cross-bedded 
gravel and boulders (Fig. 9.33d; see Sections 3.8.3,
10.4.3 and 10.4.4). The large size and coarse compo
sition of such bedforms make the immense size of 
the Missoula floods all the more impressive.

Since the acceptance of the Missoula flood hypo
thesis, proglacial flood tracks have been identified 
in a number of locations. Cataclysmic flood tracks 
of a size comparable with those produced by the 
Missoula floods have been recognized at the margins 
of proglacial lakes in Siberia by Rudoy et al. (1989), 
Rudoy (1990), Baker et al. (1993) and Rudoy and 
Baker (1993). Similarly, Fraser et al. (1983) have 
identified flood tracks in the unglaciated terrain of 
the Wabash Valley of Indiana. Large channels identi
fied on the floor of the North Sea basin and the Eng
lish Channel have been interpreted as the erosional 
products of large meltwater discharges either beneath 
or in front of the retreating Scandinavian/British ice 
sheet (N.D. Smith, 1985; Wingfield, 1990; Ehlers 
and Wingfield, 1991; Section 9.3.4.2). Other channel 
systems and streamlined residuals thought to have 
been cut by jokulhlaups have been described from 
the Great Plains of North America (Kehew, 1982; 
Kehew and Clayton, 1983; Kehew and Lord, 1986, 
1987, 1989), Sweden (Elfstrom and Rossbacher, 
1985) and Norway (Longva and Thoresen, 1991).

Spillways are distinctive types of proglacial chan
nels. produced where water decants from ice- 
dammed or proglacial lakes over cols or low points 
on the watershed. Spillways can be cut over a long 
period of time by regulated overflow water, although 

O'trophic jokulhlaup-like release of water down 
••-y courses can produce scabland topography 

(Kehew. 1982: Kehew and Lord, 1986; Bryan et al., 
\r. impressive example of a spillway is at

Newtondale on the North York Moors, England; it is 
thought to have been cut by water overflowing from 
an ice-dammed lake on the north side of the Moors 
(Fig. 9.34). The spillway carried the water through 
the unglaciated highlands of the moors into Glacial 
Lake Pickering, which was located to the south of the 
high terrain and dammed by a glacier lobe on the east 
Yorkshire coast. An extensive network of deglacial 
spillways occurs throughout the Canadian provinces 
of Alberta, Saskatchewan, Manitoba and Ontario and 
the US states of North Dakota, Minnesota, Michigan 
and Wisconsin, documenting overflow from 
proglacial lakes during the retreat of the Laurentide 
ice sheet (Taylor, 1960; St Onge, 1972; Christiansen. 
1979; Teller and Clayton, 1983; Teller, 1985; Kehew 
and Lord, 1986, 1987, 1989; Teller and Thorleifson. 
1987; Teller and Mahnic, 1988). Quite often the 
release of water from one lake caused receiving lakes 
downstream rapidly to incise their outlets, thus pro
ducing a chain reaction of catastrophic drainages 
(Kehew and Lord, 1989). Some narrow bedrock 
canyons, such as the Ouimet Canyon in Ontario 
(100m wide and 100m deep; Kor and Teller, 1986). 
and much larger channels such as the Souris Spill
way of Saskatchewan and North Dakota (1 km wide 
and 45 m deep; Kehew, 1982), were excavated over 
short periods of time during catastrophic drainage.

The characteristics of spillways produced by cata
strophic glacial lake outbursts in the North American 
Great Plains have been studied by Kehew (1982). 
Kehew and Clayton (1983), Kehew and Lord (1986. 
1987), Bryan et al. (1987) and D.J.A. Evans (1991 a). 
Figure 9.35a shows a fourfold evolutionary sequence 
of spillway development proposed by Kehew and

Fig. 9.34 Oblique aerial photograph of Newtondale, North 
Yorkshire, England. This feature is thought to be a 
proglacial lake spillway cut across the unglaciated uplands 
of the North York Moors by meltwater draining from a glac
ier margin impinging on the northern flanks of the high 
land. Note the North York Moors railway line in the valley 
bottom. (Aerial photograph BA30 of the Cambridge Uni
versity Collection of Aerial Photography)



= g. 9.35a Schematic diagram of four possible stages in spillway development: A: shallow anastomosing channels with 
Aguiar interchannel residuals and no inner channel; B: fewer, more streamlined residuals with an anastomosing channel 

: ;~ern still evident in places and with a poorly developed inner channel; C: well-developed inner channel, lemniscate resid- 
. ;  s and longitudinal grooves; D: larger inner channel with terrace remnants, few residuals and no outer zone. (From Kehew 
5->d Lord, 1986. Reproduced by permission of the Geological Society of America)

Fig. 9.35b Aerlal photograph stereopair of the Souris spillway near Hitchcock, Saskatchewan, showing the : zone of 
o c ja e r =g not in use for crop production. (After Kehew and Lord, 1989. Reproduced by permissior o* : _e Canadian 
Association of Geographers)
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(d)(ii)
Fig. 9.35d Characteristics of the outer channels of sp 
ways on the North American Great Plains, (i) The Sour : 
spillway near Hitchcock, Saskatchewan. The spillway oute- 
zone (10 km wide) extends from the foreground to the cu 
tivated land in the distance, contains conspicuous longitu
dinal grooves and is covered by boulder lag deposits. The 
inner channel in the centre of the photo is 1 km wide an = 
35 m deep. (Reproduced by permission of the Geologica 
Society of America) (ii) Stereopair of erosional anastomos
ing channels near Minot, North Dakota. The channel inc - 
sions have isolated a large number of erosional residua s 
(From Kehew and Lord, 1986; Aero Service Corporation 
photographs 340-2471 and 2472)

(c)(ii)
Fig. 9.35c Characteristics of the inner channels of spill
ways on the North American Great Plains; (i) aerial photo
graph mosaic of erosional residuals in the Souris spillway 
between Lake Souris and Lake Hind, Manitoba (aerial pho
tographs A24965-214, A24966-09 and A24966-40, Mani
toba Department of Natural Resources); (ii) streamlined 
r'osional hill in the Souris spillway (Photo: Alan Kehew). 

is 1.6km long, 0.5km wide and 20m high

Clayton (1983) and Kehew and Lord (1986, 198“ 
(A ) In the early stages of a flood, no channel exists : 
carry the outburst discharge, and a system of anast. - 
mosing channels is eroded. (B ) As discharges rise. _ 
central channel is cut, leaving erosional remnant' r 
the earlier anastomosing channel system in an >_тгг 
zone. Scouring of the outer zone produces long::__ ■ 
nal grooves and streamlined erosional hills. .
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. lags represent particles too large to be car- 
: _:?ng by the flow. (C) Channel incision and 
-~ng of the outer zone continue. (D) Flow gradu- 
•vcomes increasingly focused in the inner chan- 
._::<ing deep incision. The final form of inner 

--eis of flood spillways is characterized by: (1) a

(a)

trench-like shape; (2) uniform width and side slopes; 
(3) regular meander bends; (4) occasional bifurcation 
to form parallel or anastomosed channels separated 
by linear ridges or streamlined erosional residuals; 
and (5) occasional isolated and often streamlined 
erosional residuals. Such channels can be 1-3 km 
wide and 25-100 m deep. Deposits formed by cata
strophic floods are described in Section 11.5.1.3.

Icebergs carried in jokulhlaups can exert a consid
erable impact on the landscape by scouring out 
grooves and depressions. Longva and Thoresen 
(1991) have identified a variety of iceberg scours and 
gravity craters formed during a jokulhlaup from 
Glacial Lake Nedre Glamsjo in Norway (Fig. 9.36). 
Peak discharges were responsible for the erosion of 
anastomosing channels and intervening streamlined 
mounds with a maximum relief of 2 m, together with 
iceberg scour marks up to 1 m deep and 2 km long. 
As current velocities gradually decreased, the ice
bergs were arrested while still scouring, and where 
they finally came to rest they produced gravity 
craters, consisting of shallow semicircular depres
sions up to 30 m wide. Some icebergs were refloated 
after making one gravity crater, and thus produced 
crater chains', this may have been achieved by a fast- 
drifting iceberg with a rocking motion, by reflotation 
after berg breakup, or by short pulses of increased
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(О
Fig. 9.36 Iceberg scours and gravity craters in flood tracks 
from Glacial Lake Nedre Glamsjo, Norway, (a) Aerial photo
graph of an area near the junction of the Vorma and 
Glomma rivers, showing elongate mounds (light patches) 
and iceberg grounding and scour features (dark lines). (Aer
ial photograph by Fjellanger Widerae A/S) (b) Geomorpho- 
logicai interpretation of the area shown in (a). (Modified 
from Longva and Thoreson, 1991) (c) Iceberg gravity craters 
and crater chains (Photo: Т.Н. Bargel)

discharge. Some icebergs appear to have been reori
entated without being refloated, producing a close 
cluster of gravity craters. Similar features on the 
former bottom of Glacial Lake Agassiz have been 
interpreted by Mollard (1983) in a variety of ways, 
including iceberg settling structures to groundwater 
extrusion craters. However, the association of the 
Norwegian craters with an obvious flood track 
appears to support their origin by iceberg impact. 
Kettle holes created by the melt-out of buried ice 
blocks are described in Section 11.4.6.

Smaller-scale features produced by catastrophic 
flooding by glacial meltwater include scratches or 
‘striations’ on bedrock surfaces. Although normally 
attributed to direct glacial abrasion, striations have 
been associated with jokulhlaup-type floods by 
McCarroll et al. (1989). Such scratches are distin
guishable from glacially abraded striations because 
they have low length:width ratios and a tapering 
shape, indicating a striking blow rather than steadily 
applied pressure. Furthermore, they possess numer
ous cross-cutting directions which should not be mis
interpreted as the products of directional changes in 
glacier flow.

9.4 LARGE-SCALE EROSIONAL 
LANDFORMS

;;-'cale erosional landforms constitute some of 
impressive seomorphological features on

the Earth’s surface, providing striking testimony i 
the immense erosive potential of glacier ice. In thi- 
section, we discuss the characteristics and genesis с f 
basins and overdeepenings in bedrock and unconsol
idated sediments, troughs and fjords, cirques, anc 
strandflats.

9.4.1 Rock basins and overdeepenings
Basins eroded into bedrock by glaciers occur at  ̂
wide variety of scales, from small hollows betweer 
roches moutonnees to large overdeepenings occupy - 
ing the full width of cirques and troughs. Larg  ̂
overdeepenings are common in deglaciated valley > 
where they are commonly occupied by lakes (Fig 
9.37), and have been identified beneath many existing 
glaciers in the course of echo-sounding studies. Four 
overdeepenings have been discovered beneath Stor- 
glaciaren, a small glacier in northern Sweden (Hooke.
1991). In addition, numerous rock basins can occu- 
together in ice-scoured knock and lochan topograph;. 
(Linton, 1963; Rea and Evans, 1996), which is reh - 
ted to areal scour and reviewed in Section 9.5.1.

The formation, size and shape of rock basins are 
controlled by glaciological variables, such as the 
thermal regime and stress conditions at the glacie- 
bed, and substratum characteristics, particular’, 
bedrock structure and lithology. The main process e- 
of rock basin erosion are quarrying and abrasion 
(Sections 5.3.2 and 5.3.3), although some author' 
have argued that direct erosion by meltwater • 
important in some cases (e.g. Kor et al., 1991). Effe
ctive quarrying and abrasion can occur only where 
the glacier bed is predominantly wet-based, such _ 
the beds of temperate glaciers and the base of fa>:- 
flowing ice streams. Additionally, quarrying is me •: 
effective where there are large water-pressure varia
tions at the bed, which encourage the large transie'~ 
stress gradients required for rock failure (Iv e r': -

Fig. 9.37 Rock basins seperated by a rock bar (riege 
cirque in Kananaskis Country in the Canadian Roo г  
(Photo: D.J.A. Evans)
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Haliet. 1996). The role of water pressure 
.. ■ . r.> '.th e  erosion of large overdeepenings 

i t  . e\< glaciers has been examined by Hooke 
1 using data from Storglaciaren. He argued

г . i __ rr> :ng will be focused on the lee side of
■-■.r r ? ' on the bed, because these locations will 

.: .r.e formation of surface crevasses, which 
ж!* ■- _r:ace meltwater to reach the bed (Fig. 9.38).
F ......  ng water pressures will encourage rapid era-

г.glacier from rock steps, overdeepening the 
' - - - - ~ In turn, the evolving glacier bed topogra- 

_ _rs continued surface crevassing, so that 
:. .--enings of the glacier bed will be amplified 

r" - me by a positive feedback. A  similar process 
' . • rerate on a small scale, whereby cavities 

. enlarged by differential erosion.
- . - • ik  structure and lithology control bed resis- 

_ ' quarrying and abrasion, and thus exert a 
: "uence on the location and morphology of

т  r_L>ins i Sugden and John, 1976; Gordon, 1981).
• j ji::: :>n. rock weaknesses may have been partially 

r  . - _:ei by non-glacial processes prior to glacier 
■: irce. Preglacial weathering can isolate resistant 
4  i- ■_ •. protuberances and weaken well-jointed rock
■ r . ntervening areas, preparing the way for effec- 

^glacial erosion (Rudberg, 1973). In a study of
■ -^'ins on the Canadian Shield, Brochu (1954) 
... ~ - >trated that some rock types (e.g. schist) are 
m r . - _'£eptible to rock basin excavation than others 

. _-dnite and gabbro), because of their different 
-асг-гг densities. Similar lithological controls on

- ■ - _':n development are emphasized by I.S. Evans 
-- 'n the basis of studies of cirques in the Eng-

в - __ke District and the Cayoosh Range of British 
f _ _ /?ia. Canada.

>‘ -.low basins are commonly elongated, because:
. - are guided by lithological changes or joint/

- • 'terns in exposed strata (Zumberge, 1952; 
_ - r.. 1963; Nougier, 1972); (b) glacier ice exca- 
. . ■ rreferentially along those zones of weakness 

_ -ubparallel to the ice flow direction (Virkkala, 
'2  and (c) preglacial fluvial relief may be pref- 

. ". aily overdeepened (Zumberge, 1955; Rudberg, 
.973). Very large overdeepenings occurring at

the junctions of different rock types have been attri
buted to glacial erosion by Davis (1920) and Tricart 
and Cailleux (1962). For example, the depressions 
hosting Great Bear and Great Slave lakes were 
regarded by White (1972) as the products of glacial 
overdeepening at the junction between the resistant 
rock of the Canadian Shield and the less resistant 
Devonian and Cretaceous rocks to the west.

9.4.2 Basins in soft sediments
Erosional basins also occur in areas underlain by soft 
sediments, and are thought to result from three main 
processes:

1. Where the sediments form a rigid bed, erosion 
may occur by plucking, as for rock beds. Other 
factors being equal, erosion rates should be higher 
than for hard rock beds, so that the location and 
form of basins may simply reflect the distribution 
of pre-existing sediments.

2. Glacitectonic thrusting near glacier margins can 
excavate large basins from submarginal positions, 
the eroded material being repositioned beyond the 
ice margin as ice-thrust masses (Section 7.4.3; 
Croot, 1988b; Aber etal., 1989). Basins formed in 
this way commonly occur immediately up-ice of 
thrust- block moraines marking major ice margin 
positions. Thrust masses and basins occurring 
together are known as hill-hole pairs, and in some 
cases the dimensions of the thrust masses corre
spond closely to those of the basin. Hill-hole pairs 
are reviewed in detail in Section 11.3.1.1. A  con
ceptual model of glacitectonic disturbance and 
basin overdeepening based on structural studies of 
thrust moraines in Germany and Spitsbergen is 
shown in Fig. 9.39. The lateral margins of basins 
formed by thrusting are commonly straight, and 
parallel to the former ice flow direction, reflecting 
the location of tear faults at the boundaries of the 
thust mass. Where ice-marginal thrust belts are 
overridden by continued glacier advance, excava- 
tional basins and thrust masses may appear 
smoothed or even streamlined.

Fig. 9.38 Longitudinal sec
tion through Storglaciaren, 
Sweden, showing the loca
tion of surface crevasse 
zones, the bedrock profile, 
and inferred zones of 
enhanced quarrying. (Modi
fied from Hooke, 1991)
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3. On a deformable bed, erosion may occur by the 
downward migration of the base of the deforming 
layer and the net advection of deforming sediment 
away from the site, termed excavational deforma
tion by Hart et al. (1990), Hart and Boulton
(1991) and Hart (1995a) (Section 5.6.1). Boulton 
(1996a) has argued that erosion by this process 
should be most rapid just upglacier from glacier 
equilibrium lines, where the mass balance veloc
ity is rising downglacier and glacier flow is exten- 
sional (see Section 4.1). According to this view, 
therefore, erosional basins should occur beneath 
the lower part of the glacier accumulation area. 
However, several other variables will complicate 
this simple picture, including the influence of sed- 
~ent properties and water pressures on deforma- 

-- rates, and the influence of topography on
—  er thicknesses and velocities. Furthermore,

Fig. 9.39 Basin excavation 
associated with thrust block 
moraine formation at the 
margins of (a) Holmstrom- 
breen, Spitsbergen (mod
ern) and (b) Dammer Berge, 
Germany (ancient). (From 
van der Wateren, 1995. 
Reprinted by permission of 
Butterworth-Heinemann)

subglacial deformation may preferentially enlarge 
pre-existing basins produced by ice-marginal tec
tonics and other processes.

9.4.3 Troughs and fjords
The most spectacular manifestations of glacial ero
sion are troughs and fjords carved by ice flow 
through major rock channels (Fig. 9.40 (Plate 19)). 
The largest troughs on Earth, the Thiel and Lambert 
Troughs, are presently occupied by outlet glaciers 
of the Antarctic ice sheet and are approximately 
1000 km long, >50 km wide and up to 3.4km deep 
(Morgan and Budd, 1975; Drewry, 1983). Very long 
and deep open fjords (> 100 km long and up to 3 km 
deep from mountain crest to sea bottom) occur along 
the coasts of Greenland, Norway and the Canadian 
Arctic islands of Ellesmere and Axel Heiberg, the
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ingest in each region being Nordvestfjord/Scoresby 
Sund (300 km), Sognefjord (220 km) and Greely 
Fiord/Nansen Sound (400 km), respectively. Fjords 
are well developed also along the glaciated coasts of 
British Columbia in Canada, southern Chile, Green- 
ind, Iceland, Spitsbergen, the south-west comer of 
New Zealand’s South Island, and western Scotland, 
reflecting the present and past distribution of low- 
iltitude outlet glaciers (Fig. 9.41; Syvitski et al., 
1 987). A  summary of fjord characteristics is pro-
• :ded in Table 9.2.

9.4.3.1 TROUGH CROSS-PROFILES

The cross-profiles of troughs and fjords are often 
■r'erred to as U-shaped, although in reality they tend

to be asymmetric, with one steep and one gentler 
slope (e.g. Rudberg, 1973), or approximately para
bolic (Svensson, 1959; Graf, 1970). The form of 
many troughs and fjords can be approximated by the 
formula for a parabola:

Vd = aw (9.1)

where w is the valley half-width, Vd is valley depth, 
and a and b are constants.

For many troughs, the exponent b is approximately 
equal to 2. This formula produces a mathematical 
parabola or an endless curve, therefore a complete 
description of trough form also requires the relative 
dimensions to be defined. Graf (1970) suggested 
using a form ratio:

"able 9.2 Typical characteristics of major fjord coastlines

F : rd district F jord stage* Tidal rangef River
discharge^:

C lim ate Sedim entation
rate§

_-r«nland 1,2 Low Medium to 
high

Subarctic to 
Arctic

Medium to high

1,2, 3 ,4 High Low to high Subarctic
maritime

Medium to high

r nosh Columbia 3 ,4 High Medium to 
high

Temperate
maritime

Medium to high

_ -r. Maritimes 4 ,5 Low to 
medium

Low to high Subarctic to 
temperate 
maritime

Low

Г—' — iTi лсйс archipelago 1,2, 3 ,4 Low to high Low to 
medium

Arctic desert 
to maritime

Low to medium

- г mainland 3 ,4 Low Low to 
medium

Subarctic to 
temperate 
maritime

Low

2,3 Low Low Arctic island Medium

V «  Z a u n d 4, 5 Medium Low to 
medium

Temperate
maritime

Low to medium

2, 3 ,4 Low Low to high Temperate to 
subarctic 
maritime

Medium to high

4, 5 Low to high Low Temperate
maritime

Low

- e  et al. (1987)
_ _;:er-filled; stage 2 = retreating tidewater glaciers; stage 3 = hinterland glaciers; stage 4 = completely deglaciated: 

rds infilled
— -ran range; medium = 2 -4 m  mean range; high = > 4m  mean range

= < Tv — —ean annual discharge; medium = 50-200 m3 s high =_> 200 m3 s 1
eraged over entire fjord basin; medium = l-10m m yr ; high = > 10mmyr
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T=120

Fig. 9.41 The worldwide distribution of fjords. (From Syvitski et al., 1987. Reprinted by permission of Springer-Verlag)

Fr = Vd/W I

where W I is the valley top width. Graf obtained form 
ratios of 0.242 to 0.445 for troughs in the Beartooth 
Mountains of Montana and Wyoming.

However, trough cross-profiles may depart signif
icantly from this ideal form. For example, Sogne- 
fjord exhibits a major break in slope at present 
sea-level, with relatively gentle slopes above the 
water-line and steep slopes below sea-level. Nesje 
and Whillans (1994) have argued that the upper 
slopes have been modified by subaerial weathering 
and denudation, whereas the lower slopes preserve 
their glacial form, owing to the support provided by 
the water.

The evolution of trough cross-profiles has been 
modelled by Harbor et al. (1988) and Harbor (1992b) 
using theoretical velocity distributions in a valley 
glacier cross-section (Fig. 9.42). For a V-shaped val
ley, modelled basal velocities are highest part-way up 
the valley sides, and lowest below the glacier mar
gins and centre-line. If  it is assumed that erosion 
rates are proportional to the sliding velocity, the most 
rapid erosion will occur on the valley sides, causing 
'broadening and steepening of the valley. Eventually, 
an equilibrium profile is attained, which continues to 
deepen over time. The effects of pulsed erosion over 
multiple glacier expansion and contraction cycles 

.. l- been modelled by Harbor (1992b). Variations in
___: er thickness over time strongly influence patterns
: erosion, producing a series of breaks in slope and 

owahangs on the trough walls above the downcutting 
. .. Fig. 9.42b1. Such slopes are likely to be 
■ й Ы е  and prone to collapse, thus modifying the Fig. 9.42 (a)
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Bedrock

A
M M

A

.Glacier/

Bedrock

A A
§ \ m M

В в
\Glaciey

=>edrock

A A

M M

V v
Bedrock

Unglacial valley
A-A Unglaciated valley

Maximum vertical 
ice extent
A-A Glacial valley
M-M Active glacial channel
M-M Zone of glacial influence

Ice extent
less than maximum
A-A Glacial valley
M-M Zone of glacial influence
B-B Active glacial channel

After deglaciation
A-A Glaciated valley
M-M Zone of glacial influence

-Talus and alluvium

(0
Fig. 9,42 Evolution of trough cross-profiles as modelled by
- = 'bor eta/. (1988) and Harbor (1992b). (a) Evolving valley 
:-css-sections at different time steps (Г = 0-300) and corres
ponding basal velocities and erosion rates, (b) The develop- 
—ent of irregular cross-profiles due to glacier expansion 
;"d  contraction on 100 kyr cycles, (c) Schematic evolution of 
t'oughs by erosion in the active glacial channel (B-B) and 
;^oaerial slope modification in the zone of glacial influence 
V-M). At the maximum vertical ice extent, the active 

: acial channel and the zone of glacial influence coincide. 
:; ,om Harbor, 1992b. Reprinted by permission of the Geo
rg cal Society of America)

(b)

form of the trough by paraglacial reworking (Section 
7.6). For this reason, oversteepened, ice-free slopes 
in troughs are termed the zone of glacial influence, in 
which slope evolution is strongly influenced by the 
contemporary or former presence of glacier ice (Fig. 
9.42c).

Parabolic cross-profiles may develop with the aid 
of pressure release mechanisms in the underlying 
bedrock. It has long been recognized that freshly 
exposed rock will undergo expansion (dilation or 
dilatation) due to removal of the confining pressure 
(Bain, 1931), and engineers involved in road and rail 
construction are well aware of the problems of pres
sure release in freshly cut rock faces. Rock dilation 
results in the development of fractures parallel to the 
ground surface known as dilation joints or sheeting, 
particularly on massive rocks where there are few 
pre-existing discontinuities along which strain may 
be accommodated (e.g. Jahns, 1943; Lewis, 1954; 
Battey, 1960; Linton, 1963; Sugden and John, 1976). 
Dilation critically weakens rock masses, facilitating 
subsequent subglacial erosion (Section 5.3.1). The 
most obvious time for dilation to take place is after 
deglaciation, when the ice overburden is removed 
and freshly eroded rock surfaces are exposed, 
although it is probably also important beneath active 
ice once glacial erosion has removed rock slabs that 
have been fully released along dilation joints during 
a previous non-glacial period. Thus, pressure rele_'.e 
may serve to accelerate subglacial erosion in 
favourable locations.

Erosion rates in troughs that carry mi; г 
glaciers are likely to be greater than tho>e be! :r.r- 
utary glaciers, resulting in hanging .... тег.г.ей 
above the main trunk floor. Hang:: r _ _ * na\ 
exhibit little or no evidence of glacia er > r. and 
may retain pre-glacial profile^. r _ ~ ---r _ :r. areas
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where the ground adjacent to troughs was occupied 
by thin, cold-based ice (Sugden, 1974).

9.4.3.2 TRO UGH  LONG PROFILES

Troughs have been classified by Linton (1963) as: 
(a) alpine, cut by valley glaciers emanating from 
high ground; (b) Icelandic, with a closed trough 
head at the upper end, having been cut by ice 
spilling over from a plateau ice cap or ice sheet; (c) 
composite - essentially through troughs or through 
valleys open at both ends and cut beneath an ice 
sheet; and (d) intrusive or inverse, cut against the 
regional slope where ice impinges upon the down
stream ends of highland valleys (e.g. New York Fin
ger Lakes; Clayton, 1965; Mullins and Hinchey,
1989).

Trough heads represent important process thres
holds in the landscape, and may form either beneath 
ice sheets at the upper end of ice streams where 
erosion rates suddenly increase, or at the head of val
ley glaciers. Souchez (1966, 1967b) has suggested 
that trough heads retreat upvalley in much the same 
way as a nick point on a stream profile, whereas 
Nesje and Whillans (1994) emphasize the role of 
cyclic subaerial denudation and debris removal by 
glacier ice. In both cases, the trough head marks the 
upper position of effective subglacial erosion. Its 
location may be influenced by several factors, includ
ing: (a) a pre-existing valley step; (b) increases in ice 
discharge due to the convergence of two or more trib
utary glaciers; or (c) lithological or structural varia
tion in the bedrock leading to a downglacier increase 
in erodibility.

In contrast with river valleys, troughs and fjords 
commonly have overdeepenings on their floors (Sec
tion 9.4.1). Overdeepened basins commonly form 
where ice discharges are relatively high, such as at 
the junctions of tributary valleys, or at narrowing' 
in the valley profile (Hattersley-Smith, 1969). Over
deepened sections terminate at a sill or threshold. 
commonly located where ice flow becomes les> 
constrained and velocities decrease. This is clearly 
illustrated by the relationship between topograph} 
and basin depth along Inugsuin Fjord on Baffin 
Island, Canada, which has been overdeepened b\ 
glacier ice converging on it from the surrounding 
mountains (Fig. 9.43; L0ken and Hodgson, 1971).

The area of deepest erosion in troughs and fjorcL 
marks the long-term average position of maximum 
ice discharge, which may broadly coincide with the 
equilibrium line on the ice surface. In coastal moun
tains, the shallowing of fjords and the occurrence o: 
thresholds may be associated with the increases 
buoyancy and eventual flotation of glacier ice in the 
marine environment (Crary, 1966), in addition to the 
flow divergence induced by the more open topogra
phy (Shoemaker, 1986b). The glacioisostatic rebounc 
that accompanies deglaciation can result in the emer
gence of fjord thresholds to produce numerous low- 
lying bedrock islands (skerries), such as those at the 
mouths of the Norwegian fjords, or land-locked lake 
basins, such as those in western Newfoundland 
Canada (Berger et al., 1992). Some fjords ha\i 
simple, single basin forms (e.g. Milford Sound, New 
Zealand; Bruun et al., 1955), whereas others ha\e 
several basins and multiple sills (e.g. Hardanger- 
fjord, Norway; Holtedahl, 1975; Syvitski et al

Fig. 9.43 Relationsr : 
between the depth : 
Inugsuin Fjord, Ba~ 
Island, and surrounc-: 
topography. The fjorc 
deep and narrow in f *  
vicinity of high m o i' 
tains but wide and s-; 
low towards the coar 
(From Sugden and Joh- 
1976, after Loken a ': 
Hodgson, 1971)
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1987). These contrasting forms give rise to pro
foundly different postglacial sedimentation patterns.

Another aspect of trough/fjord form critical to 
understanding glacial erosion patterns is the stepped 
long profile, which comprises basins and intervening 
riegels, or transverse rock bars. Irregularities in the 
glacier bed may arise from several factors, the most 
important of which are: (a) spatial variations in 
bedrock lithology and structure (Matthes, 1930; 
King, 1959); (b) changing glacier discharge as a 
result of ice confluence or diffluence (Veyret, 1955; 
Holtedahl, 1967; Glasser, 1995); and (c) pre-existing 
aspects of the relief (Klimaszewski, 1964; Bakker, 
1965).

9.4.3.3 THE INFLUENCE OF G EO LO G Y  AND 
TO PO G RA PH Y

Several researchers have argued that the location and 
planform of troughs and fjords reflects pre-existing 
topography or geological structures. The sinuous or 
meandering courses that some troughs and fjords 
-ii splay are often interpreted as preglacial legacies, 
■vhere glacier ice has excavated pre-existing fluvial
• alleys (e.g. Bretz, 1935; Ahlmann, 1941; Gjessing,
i 966; Holtedahl, 1967; Funder, 1972; Augustinus, 
.992). Such interpretations are supported where 
traces of largely unmodified fluvial valleys occur in 
:he same landscape (e.g. Linton, 1963; Clayton, 1965; 
Sugden, 1968), or fjord systems display dendritic 
?attems such as in the Canadian Arctic and Fiordland, 
New Zealand (Pelletier, 1966; Sugden, 1978; Aug- 
.:>tinus, 1992). The juxtaposition of glacially over- 
leepened and unmodified valleys is a product of 
differential modification according to valley align
ment and former ice flow direction. Those valleys ori
ented parallel to the ice flow are most likely to carry 
.irge volumes of ice and experience the most intense 

glacial erosion. The overdeepening of valleys aligned 
rarallel to ice flow is thought to be a product of the 
greater ice thicknesses over such sites and the 
increased frictional heat produced by preferential ice 
~ow downvalley (Haefeli, 1968). Basal ice in these 
various is, therefore, prone to pressure melting and 

rasal sliding.
Opeiyended or through troughs, especially those 
hich have breached pre-existing watersheds, are 

more difficult to explain, but probably result from the 
•Teaming of ice down preglacial fluvial valleys and 
the headward erosion of trough heads (Dury, 1953; 
Linton and Moisley, 1960; Gjessing, 1966). Such a 
/nange in the basal topography over time can result 
n the capture of glacier ice and a radical change in 
-asal flow directions. Alternatively, glacier ice may 
exploit regional zones of structural weakness in the 
bedrock such as fault systems (Bretz, 1935; Funder, 

-_2 1 and therefore bear no resemblance to

preglacial drainage patterns; troughs excavated alor.; 
such zones are entirely glacial in origin.

The importance of geologic structures and pre
existing structural forms (e.g. grabens) to the fun
nelling of glacier ice has been stressed by numerous 
researchers. The close affinity between major ice 
streams and geologic features is certainly obvious at 
some locations; for example, Lambert Glacier in 
Antarctica occupies the Lambert Graben, a major 
structural feature. Just as the sinuosity of troughs and 
fjords has been linked to pre-existing fluvial valleys, 
so trough and fjord alignments have been linked to 
bedrock lineaments such as faults and intrusions. The 
rectilinear pattern of some fjord systems has been 
linked to intersecting lines of fracture at a regional 
scale, and Gregory (1913, 1927) argued for a pre
dominantly tectonic origin for fjords. Despite the 
claims of Nicholson (1963) that most fjords in Nor
way cross-cut major fault systems, careful mapping 
of structural lineaments and intrusions by, for exam
ple, Randall (1961) for northern Norway, Holtedahl 
(1967) and Nesje and Whillans (1994) for southern 
Norway, and England (1987) for Ellesmere Island in 
the Canadian Arctic, has revealed a close relationship 
between the orientation of such bedrock features 
and fjords or valleys. Furthermore, the remarkably 
straight and parallel cliffs of Somerset Island, Devon 
Island, and the north-west of Baffin Island in the 
Canadian Arctic, which form virtually unbroken 
coastlines in places up to 200 km long, have been 
cited as evidence for large-scale block faulting by 
Kerr (1980) and England (1987). This interpretation 
for the inter-island channels of the central Canadian 
Arctic is supported by the occurrence of remnants of 
formerly continuous Tertiary river valleys on the 
islands (horsts) and on the floors of the channels 
(grabens; Bornhold et al., 1976; Dyke et al., 1992). 
Rift valleys in non-glaciated regions provide clear 
examples of tectonically controlled landforms, and it 
is not unreasonable to suggest that such landforms 
exist in glaciated regions, especially where geologi
cal evidence provides support for a tectonic origin 
(Kerr, 1980). However, it is most likely that a contin
uum of landforms exists, ranging from tectonicalh 
controlled grabens through glacially modified river 
and fault systems to entirely glacially eroded trough' 
and fjords. The fjords and troughs of northern Elles- 
mere Island contain several contrasting elemer.:>. 
such as straight walls, rectilinearity and sinu •_> rea
ches, indicating that a combination of fact ' me 
perhaps more dominant than others, is er : . _ : :r.e 
glacial excavation of such landscapes P. с - —

An argument in favour of the tectonic r.r.r : 
some inter-island channels, such as th : me cen
tral Canadian Arctic archipelago, is me : an 
integrated upland glacier source ore_ «e m -e sur
rounding the fjord coastline> : 4- - . . British
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Fig. 9.44 Satellite image of north-western Ellesmere 
Island, Arctic Canada, showing remarkably long, straight 
fjord walls and both rectilinear and sinuous fjord patterns. 
(Image provided by Martin Jeffries; numbers refer to sites in 
Jeffries et al., 1992)

Columbia, Chile and New Zealand, and the absence 
of a nearby continental interior that could supply 
large volumes of ice. In addition, some of the largest 
channels, such as Lancaster Sound, are oriented 
transverse to the former ice flow of the Laurentide ice 
sheet. In contrast, the troughs and fjords presently 
occupied by the outlet glaciers of the Greenland and 
Antarctic ice sheets lie parallel to ice flow and are 
much more likely to have been eroded by the ice 
draining through them.

9.4.4 Cirques
9.4.4.1 C IRQUE M O RPH O LO G Y

Cirques (also known as corries or coires in Scotland, 
and cwms in Wales) are among the most characteris
tic forms of glacial erosion in mountainous terrain 
(Fig. 9.45). Evans and Cox (1974) defined a cirque as

a hollow, open downstream but bounded upstream by 
the crest of a steep slope (headwall), which is arcuate 
in plan around a more gently sloping floor. It is ‘gla
cial’ if the floor has been affected by glacial erosion 
while part of the headwall has developed subaerially, 
and a drainage divide was located sufficiently close to 
the top of the headwall for little or none of the ice that 
fashioned the cirque to have flowed in from outside.
A typical cirque has a flat-floored or overdeepened 

basin connected to a steep backwall by a concave 
slope. This profile is a product of subglacial erosion 
on the cirque floor and lower backwall, and subaerial 
frost action on the upper backwall, the exact form 
being controlled by bedrock structure (McCabe, 

Battey. 1960: Haynes, 1968). Most descrip-
■ of cirques emphasize their steep headwalls,

' ■' a: or overdeepened rock floors and their sim- 
:e shapes e.g. Lewis, 1938; Sugden, 1969).

However, they are rarely simple features; the h _ -  
wall may be poorly developed or missing, they rr; i 
have rectilinear planforms, or cirques can o .. 
nested one within the other (e.g. Derbyshire. 1 - - ■ 
Haynes, 1968; Gordon, 1977; Bennett, 1990 . 
following types can be defined:

1. simple cirques, which are distinct, indeper._.r 
features;

2. compound cirques, in which the upper part .. : - 
sists of two subsidiary cirques of approxim./. i 
equal size:

3. cirque complexes, in which the upper part cor.' я  
of more than two subsidiary sidewall or heLi . 1 
cirques;

4 .staircase cirques, where two or more c r _ . n  
occur one above the other; and

5. cirque troughs, where the cirque marks the ur л  - 
end of a trough (Gordon, 1977: Bennett. 19’>)

Some cirques may have attributes of more ' -. т 
one category, for example, compound or stairs : 
cirques forming trough heads. A  wide range of c:r_.: 
sizes exists, ranging from valley-side niches les>
50 m from backwall to lip, up to cirques with r • n  
several kilometres long and forming alpine . 
heads (Gordon, 1977; Haynes, 1995).

Attempts to provide general classification : 
cirque form have employed a variety of dimer- 
(e.g. Manley, 1959; Andrews, 1965; I.S. E . . . 
1969; Andrews and Dugdale, 1971; Gordon.  ̂
Some commonly used measurement parameter 
length from headwall to threshold; width between nr 
sidewalls; depth from headwall crest to floor: ; • 
old elevation-, area; volume; and aspect (G> n_ 
1977; Bennett, 1990). The long profiles of c:r__iri 
have been generalized mathematically. Lewis I 
for example, fitted cirque profiles to arcs of c:r; -v 
and Haynes (1968) used logarithmic curves in
form:

Fig. 9.45 (a)
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(b)
Fig. 9.45 Typical cirque forms, (a) A cirque 
presently occupied by a small glacier below 
the aptly named Cirque Mountain, Torngat 
Mountains, Labrador, Canada. Several 
Neoglacial moraines can be seen in the 
foreground. (Photo: D.J.A. Evans) (b) Map 
of the cirques surrounding Cader Idris, 
north Wales. The lakes Llyn Cau and Llyn у 
Gadair occupy rock basins, but are also par
tially moraine-dammed. (From Embleton 
and King, 1975)

= k( 1 — x) e (9.3)

» ' tre v is altitude, x is distance along the profile, and 
< - i  constant describing the concavity of the long
гг rile.

•'• here к - 2, the basin is deep with a steep head- 
ь - and where к = 0.5, the cirque is shallow with a 
i . г outward-sloping floor. Thus high к values cor- 
■: - nd to well-developed, overdeepened cirques
- ;  9.46).

> rveral attempts have been made to reconstruct
ч . _ences of cirque evolution using ergodic models, 

_ :ch a continuum of forms in space is used as a 
я .-'-.-.ute for evolutionary development through 

This approach is common in geomorphology,
■ ‘ere long-term processes cannot be measured, and
- ■ _-.ri on the idea that in areas with evolving land- 
■<  - :here will be examples at various stages of

. rment. which can be arranged in an hypothet- 
- J developmental sequence (e.g. Schumm and 

L  . - ■ . !965). In general, as cirque size increases, the 
f enclosure of the planform and long profile 

r . Gordon, 1977; I.S. Evans and Cox, 1995),
r.g that cirques develop from hollows by pro- 

, . - e retreat of the backwall and downcutting of 
г Fig. 9.47). It has been argued that this evo- 
riects the progressive growth of the occupy- 

щ 'T. ■ and ice body, from a snowpatch in a 
■si ■ ‘.allow, through a larger snowpatch in a 
; cirque, to a glacier in a true cirque (e.g.

. : Wright, 1914; Russell, 1933; Boye,

1952; Watson, 1966; I.S. Evans and Cox, 1974; Vil- 
borg, 1977). However, this view is probably highly 
simplistic, and cirques are likely to evolve from a 
variety of pre-existing hollows in several episodes of 
glacier occupancy (I.S. Evans and Cox, 1995).

9.4.4.2 PROCESSES OF C IRQ UE FORM ATION

The enlargement of mountainside hollows can occur 
by snowpatch erosion or nivation, which embraces a 
range of weathering and transport processes acceler
ated by late-lying or permanent snow (Thorn, 1979;

0 200m

Fig. 9.46 ^-curves fitted to cirque long pro* es in 5 ::: ="□. 
Eighty-one per cent of the sampled ong e; : osely
resemble k-curves, although some. su:~ a; ~ do not. 
(From Haynes, 1968. Reprinted by pe— :: :* ;:=ndina- 
vian University Press)
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Fig. 9.47 Suggested model of cirque development by the 
progressive enlargement and deepening of a hollow. (From 
Gordon, 1977. Reprinted by permission of Scandinavian 
University Press)

Ballantyne and Harris, 1994). Nivation processes 
include intensive freeze-thaw activity, enhanced 
chemical weathering, slopewash, debris transport by 
snow creep or slip, and solifluction, which are 
encouraged by repeated freeze-thaw cycles and/or 
abundant meltwater during the summer months (Bal
lantyne, 1978; Thom, 1979; Thom and Hall, 1980). 
The relative importance of these processes, and their 
variation with climate and snowpatch thickness, are 
very poorly known. Mountainside hollows can also 
originate by fluvial erosion or large-scale slope fail
ures. True cirque formation occurs once hollows are 
occupied by glacier ice; that is, where the ice is suf
ficiently thick and steep to generate the stresses 
required for internal creep deformation and basal 
hiding. Ballantyne and Benn (1994a) argue that the 
threshold length between snow patches and glaciers
> approximately 30-70 m from backwall to toe.

Glaciers enlarge cirques by subglacial quarrying 
_ i -rrasion. which erode the floor, and subaerial 

re retreat, which supplies debris to the glacier 
Effective subglacial erosion and cirque

- . _r.:ng require that the ice is at least partially
- -. : :  and overdeepened rock basins mark sites

where subglacial erosion was particularly effective. 
Possible scenarios include: (a) cirque occupancy by 
small, subpolar glaciers, which are wet-based where 
the ice is thickest, but cold-based in the thinner mar
ginal zone (Richardson and Holmlund, 1996); (b 
occupancy by temperate glaciers, with overdeep
ening occurring in areas where sliding velocities 
were highest, in the region of the glacier equilibrium 
line; and (c) enhanced erosion due to the availability 
of surface meltwater via bergschrunds or crevasse 
fields (Hooke, 1991).

Backwall retreat occurs mainly by a combination 
of mechanical weathering and mass movements 
(Section 6.3). Debris delivered to the glacier surface 
is transported away by glacier flow. The least-known 
aspect of cirque erosion is what happens in the tran
sition zone between subglacial and subaerial process 
domains, at the upper margin of the glacier. It has 
been argued that mechanical weathering may be par
ticularly effective in the randkluft (the crevasse 
between a cirque glacier and the backwall, Section 
6.2.1), because of favourable temperature cycles and 
abundant meltwater. However, data collected in 
randklufts demonstrate that temperatures are com
monly stable at or below freezing and that there is 
often very little evidence of frost shattering (Battle 
and Lewis, 1951; Thompson and Bonnlander, 1956: 
Battle, 1960; Gardner, 1987). Measurements taken 
by Gardner (1987) in the randkluft of the Boundary 
Glacier in the Canadian Rockies indicate that consid
erable frost shattering takes place on the lower back
wall rather than in the randkluft, where summer 
temperatures do not rise above freezing. During the 
ablation season the randkluft migrates downslope 
and thus extends the rock surface area exposed to 
freeze-thaw weathering. Over longer periods of 
glacier thickening and thinning, large areas of cirque 
backwalls can be exposed to mechanical breakdown 
in this way. Furthermore, during the ablation season, 
subglacial quarrying may be facilitated downglacier 
of the randkluft or bergschrund, owing to large diur
nal variations in the supply of meltwater from the 
surface (Section 9.4.1; Hooke, 1991; Iverson, 1991).

The definition of cirques cited in Section 9.4.4.1 
excludes those features fed by ice from outside the 
cirque basin. However, this is difficult to demonstrate 
in many situations, such as where cirques are incised 
into the margins of plateaux. Ice is likely to form first 
on the high plateau at the onset of glacial conditions 
and spill over cirque headwalls, so modifying their 
form (McDougall, 1995). Thus, in such settings, 
long-term cirque evolution over several glacial cycles 
may reflect varying conditions, a possibility that pre
sents problems for ergodic models.

Some calculations of cirque erosion rates and 
development cycles have been attempted in a variety 
of settings. The erosion rates of cirques cut into the
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sides of radiometrically dated volcanoes in Antarc
tica have been calculated by Andrews and LeMa- 
surier (1973) as 360-460mmkyr For these 
cirques, rates of backwall erosion were far greater 
(5800mmkyr ') than sidewall erosion rates (800 
mm kyr ), indicating that these cirques w ill tend to 
become more elongate over time. This pattern is not 
true of all cirques, however, as relative backwall and 
sidewall erosion rates w ill be strongly dependent on 
geological and microclimatic factors (Bennett, 1990; 
Bennett and Glasser, 1996). Larsen and Mangerud
(1981) calculated erosion rates of 500-600 
mm kyr for a cirque glacier in western Norway, 
indicating that up to 125 kyr would be required to 
erode the cirque. Somewhat lower erosion rates of 
60 mm kyr~ were calculated by Andrews and Dug- 
dale (1971) for cirques on eastern Baffin Island, 
Canada, by assuming that the cirque was occupied 
by ice for 1 million years. Anderson (1978) calcu
lated erosion rates of 8-76 mm kyr for cirque glac
iers on Baffin Island, indicating that 2-14 million 
years was required for cirque production. Studies of 
sediment concentration in meltstreams indicate 
present-day erosion rates of c. 200-600 mm kyr 
for cirque and valley glaciers in Norway (Schneider 
and Bronge, 1996; 0strem et al., cited by Richard
son and Holmlund, 1996).

9.4.5 Strandflats
Named after the prominent examples of the Norwe
gian coast, strandflats are extensive, undulating rock 
platforms located close to sea-level around the coasts 
of high-latitude land masses including Norway, 
Greenland, Spitsbergen, Iceland, Scotland, Ireland 
and Antarctica. Where partially submerged, they 
appear as a zone of low rocky-islands or skerries, 
known as skjaergard in Norway (Reusch, 1894; 
Nansen, 1904, 1922; O. Holtedahl, 1929; Strom, 
1948; H. Holtedahl, 1960). Strandflats are up to 
50 km wide, cut across geological structures, and 
usually end abruptly at an inland cliffline or break of 
slope (Fig. 9.48). In some instances they may extend 
short distances up fjords, but they are generally asso
ciated with the shallow water depths of fjord mouths. 
When viewed parallel to the coast, strandflats are 
remarkably horizontal, but they may possess very 
small seaward slopes, in part owing to postglacial 
glacioisostatic displacement. In some locations sev
eral strandflats may occur at various heights above 
and/or below present sea-level.

Strandflat formation has been explained by four 
main mechanisms, acting in combinatiqn: (a) frost 
action, combined with active sea-ice rafting; (b) 
marine erosion; (c) subaerial erosion; and (d) sub
glacial erosion. Frost action is considered to be an 
effective erosive agent on periglacial shores, owing

to a potent combination of frequent cold tempera
tures and abundant water (Matthews et al., 1986; 
Dawson et al., 1987). Furthermore, frost-shattered 
debris can be readily removed by sea-ice which 
freezes on to the near-shore sea floor in winter (the 
icefoot), then breaks up and floats away in spring and 
summer (Dionne, 1973). Together, frost shattering 
and ice rafting are thought to be capable of rapid 
coastal erosion (Nansen, 1904, 1922; Sissons, 1974b; 
Dawson, 1980, 1982; Larsen and Holtedahl, 1985). 
Marine erosion includes quarrying and abrasion by 
large, high-energy storm waves (Chorley et al., 
1984). Some strandflats exhibit striated and smoothed 
bedrock outcrops, providing evidence for glacial 
erosion.

Abrupt inner margins and clifflines are consistent 
with marine erosion, although strandflats tend to be 
very wide, with small or no seaward slopes, unlike 
marine platforms, which have prominent seaward 
slopes. It is difficult to reconcile the large width and 
low slope of strandflats with a purely marine origin, 
because the energy of large waves is dissipated as 
they travel through shallow water, severely reducing 
their erosive capability at the shoreward margin of a 
wide platform. These problems prompted Ahlmann 
(1919) and Nansen (1922) to suggest that preglacial 
subaerial denudation produced a peneplain, which 
was later modified by wave action during the Quater
nary. An alternative scenario was envisaged by O. 
Holtedahl (1929), Dahl (1947) and H. Holtedahl 
(1959) in which strandflats are formed by a two-stage 
glacial process involving (a) the coalescence of 
cirque and valley floors by glacial headward erosion 
(Fig. 9.49), followed by (b) ice sheet erosion. Because 
many strandflats are wider and best-developed on 
wave-exposed coastlines, Strom (1948) suggested 
that marine abrasion was followed by glacier modifi
cation of the inner margins. A worldwide review of 
strandflats by Guilcher et al. (1986) highlighted their 
probable polygenetic nature, but stressed the impact 
of glacial erosion in the evolution of the more exten
sively developed and wider forms. Guilcher et al. 
provided evidence for modern-day frost action and 
coastal erosion of the strandflats of Spitsbergen and 
the South Shetland Islands, Antarctica, but suggested 
that the Spitsbergen examples are so wide that they 
must have been initiated either by glacial erosion by 
piedmont lobes or as Tertiary erosion surfaces. Sim
ilarly, Guilcher et al. invoked a preglacial plana:; n 
surface as a precursor for the small strandflats : 
western Ireland.

It appears from the literature that enough e'- ler.^e 
is available to support a combined fro-: a.:; r. and 
marine genesis for narrow strandflat' v- ::r. -... ••• ard 
tilts, which should therefore be termed marine plat
forms (e.g. John and Sugden. 19“ '.. -_5: Curl, 
1980; Hansom, 1983b). The wide: ::er. r.orizontal
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Fig. 9.48 Strandflats and associated features on northern Prince Charles Island, Spitsbergen. 1: Altitude of coastal feature 
in metres; 2: mountain; 3: lagoon; 4: glacier; 5: mountain ridge; 6: moraine; 7: cliff; 8: coastal pebble ridge; 9: emerge: 
strandflat; 10: raised pebble ridge; 11: submarine strandflat; 12: submarine contour, in metres; 13: submarine strandflat wi:- 
pebble ridges; 14: emerged area not shown in detail. (Modified from Guilcher et al., 1986)

platforms of glaciated coasts, which commonly 
merge with glaciated cirque, valley and fjord floors 
and which contain direct evidence of glacial erosion, 
are more likely to have been at least partially shaped 
by glaciation. The fact that the strandflats of Norway 
merge inland with the preglacial (or paleic) surface 
lends strong support to the theory that they are 
glacially modified erosion surfaces (etchplains and 
r-.’ieplains) which have escaped deep ice erosion 
-•ecause of the reduction in erosive capacity at the ice 
<-heet margins. One intriguing possibility is that 

.it erosion may occur by planation beneath 
panially floating glacier tongues near marine ice 

_ _/nrupt inner margins of

many strandflats, which are marked by bedrock cliff- 
extending over long distances and are transverse t 
former glacier flow, are difficult to explain by glac;_ 
erosion, and therefore probably document at least _ 
partial marine influence in strandflat genesis. Рог.;’ 
(1989) has argued that strandflats formed durff_ 
‘average’ glacial conditions prevailing throughout 
most of the Quaternary (Section 1.7.2.7), when res
tive sea-level along many glaciated coasts was sim - 
lar to that of today, and coastal zones were subject: 
repeated alternations between periglacial, marine ait _ 
subglacial erosive processes during glacier advar... 
and retreat cycles.
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(b)
Fig. 9.49 (a) A strandflat linked to the floors of deep 
troughs at the margin of the Eggum massif, Vestvagoy, 
northern Norway. Beaches on the strandflat have been con
structed from reworked moraines. (Photo provided by A. 
Guilcher) (b) A narrow strandflat near Cape Sabine, 
Ellesmere Island, Arctic Canada. (Photo: D.J.A. Evans)

9.5 LANDSCAPES OF GLACIAL 
EROSION
Sugden (1974) and Sugden and John (1976) defined 
distinctive landscapes of glacial erosion, consisting 
of regional associations of erosional landforms. 
Their classification is based on both morphology and 
processes of erosion, and therefore sheds light on the 
links between glacier dynamics and landscape evolu
tion. Five landscapes of glacial erosion were recog
nized: (a) landscapes of areal scouring, which 
everywhere bear signs of glacial erosion; (b) land
scapes of selective linear erosion, in which erosion is 
confined to troughs between unmodified plateau 
remnants; (c) landscapes of little or no glacial ero
sion. which are essentially unmodified preglacial 
landscapes that have survived one or more periods of

glacial occupancy; (d) alpine landscapes, consisting 
of dendritic networks of troughs separated by ridges; 
and (e) cirque landscapes, in which essentially dis
crete cirques are set in a hill or mountain massif. 
These landscapes reflect the long-term influences of 
pre-existing topography, glacier and ice sheet mor
phology, basal thermal regime and mass flux, and 
develop cumulatively over multiple glacial cycles. 
They are therefore more likely to relate to ‘average’ 
glacial coverage during the Quaternary than to 
‘instantaneous’ ice configurations at glacial maxima 
(Porter, 1989).

9.5.1 Areal scouring
Landscapes of areal scouring are extensive tracts of 
subglacially eroded bedrock, consisting of rock 
knobs, roches moutonnees and overdeepened rock 
basins (Figs 9.50 and 9.51). In reference to this char
acteristic morphology, Linton (1963) referred to such 
terrain as knock and lochain topography, from the 
Scots Gaelic words cnoc, meaning ‘knoll’, and 
lochain, meaning ‘small lake’. The location of high 
and low points in areally scoured terrain reflects 
bedrock lithology and structure. Hollows and rock 
basins occur where joint density is high or where less 
resistant rocks crop out, whereas knolls are underlain 
by more resistant rocks. However, relief amplitude is 
generally low, and is typically less than 100 m. Spec
tacular examples of areally scoured landscapes occur 
on the Canadian Shield, in west Greenland and in 
north-west Scotland (Linton, 1962, 1963; Sugden, 
1974; Gordon, 1981; Rea and Evans, 1996).

The widespread evidence for abrasion and pluck
ing in landscapes of areal scouring indicates that they 
develop below wet-based ice, in situations where 
flow is laterally extensive and not focused into nar
row channels. The link between scoured landscapes 
and thermal conditions was used by Andrews et al. 
(1985a, b), who identified the location of former ice 
streams on Baffin Island by mapping zones of high 
lake density. A cautious approach should be adopted 
when attempting reconstructions of former ice 
masses from erosional landscapes, however, because 
of the distinct possibility that the present landscape is 
a palimpsest produced during several glacial stages.

The amount of erosion represented by landscape- 
of areal scouring is very difficult to determine, and 
has been the subject of much debate. White i I 
suggested that the Canadian Shield has been 
to deep erosion by successive Laurentide ice <hee>. 
with the greatest amount of erosion located 
the ice sheet centre in the vicinity of Hud- Bay. 
This idea has been criticized by Gr_ er - “ 5 . 
Sugden (1976, 1978) and Higgs -vued
that the Hudson Bay basin is a \er. er: feature 
which contains Palaeozoic sed - ~ г cks. and
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Fig. 9.50 View across are
ally scoured terrain towar;: 
the southern .margin of th5 
Greenland ice sheet. To the 
right of this view areal sco_- 
has only partially modif'e: 
an older cirque terrain. - 
landscape of selective line=- 
erosion can be seen ne; 
the ice sheet margin. Aur 
mannadalen is the va e. 
descended by Fridtjof 
Nansen after his first crow
ing of the ice sheet in 188; 
(Photograph by Dar sr 
National Survey and Сасг: 
tre; provided by Richar: 
Williams, USGS)
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that the Canadian Shield must have been eroded to 
something like its present level by Palaeozoic times. 
Thus, glacial erosion may have been responsible for 
only relatively minor changes to the landscape. Bell 
and Laine (1985) estimated the amount of Pleis
tocene glacial erosion by the Laurentide ice sheets 
from the volume of glacial-age sediment on land and 
below the adjacent seas. There are many uncertain
ties with this approach, but they concluded that the 
amount of glacial erosion during the past 3 million 
years probably lay in the range 120-183 m, averaged 
over the whole area of glacial occupancy. Since part 
of the area occupied by the ice sheets experienced net 
deposition, the average amount of erosion in the 
Shield area was possibly even higher. These esti
mates thus provide indirect evidence for deep erosion 
of the Shield, although part of the glacial erosion 
could have consisted of the stripping off of weaker 
sedimentary strata. Interestingly, the classic land
scapes of areal scouring in north-west Scotland form 
part of a land surface that can be traced beneath Late 
Precambrian sedimentary rocks (McCulloch, 1819; 
A.D. Stewart, 1991), showing that in this area glacial 
erosion has exhumed and modified an extremely 
ancient erosion surface.

9.5.2 Selective linear erosion
LoT.d'capes of selective linear erosion are character- 

. _ b> deep troughs separated by essentially 
■Modified plateau surfaces (Fig. 9.40 (Plate 18));

19741. Striae or polished surfaces may

cover the trough sides right up to the cliff top, show - 
ing that the troughs were once completely filled \\ itr 
erosive ice, whereas periglacial forms such as bloc In
fields and tors may be preserved on the plateaux a te . 
tens of metres from the trough edge. In planform. tr . 
troughs may form a dendritic network or a mere 
complex interconnected pattern. Landscapes 
selective linear erosion are well represented in ea- 
and north Greenland, the Allegheny plateau area f 
North America, Scandinavia, the Cairngorms 
Scotland, and some Arctic islands (Sugden, 196'. 
1974; Sugden and John, 1976).

It is generally agreed that such landscape- 
develop beneath ice sheets, with the troughs mar - - 
ing former ice streams and the intervening plate... 
marking areas of slowly moving or cold-based ice 
The presence of troughs is thought to reflect posi:: e 
feedbacks between subglacial topography, ice vel x- 
ity, basal temperature and erosion rates. Where . 
sheets occupy irregular topography, basal melt;-, 
will be encouraged within valleys or troughs, where 
the ice is thickest. Basal sliding provides anothr' 
source of heat at the glacier bed, promoting furtr. - 
basal melting and increased sliding rates. A- i  
result, erosion rates will be highest within valle;. 
deepening and enlarging them, and promoting rr -. 
basal melting, fast sliding and erosion. Thus, pre
existing valleys in a landscape w ill tend to ->r 
exploited by ice flow and transformed into trou,
In contrast, high points beneath the ice sheet i i  
tend to be occupied by thin, cold-based ice u- _ - 
does not erode but protects the pre-existing lane -. -
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face. Pre-existing valley systems will also encourage 
faster than average ice flow by collecting ice from 
large catchment areas, thus increasing the mass bal
ance velocity (Section 4.1).

Sugden and John (1976) have noted that in Green
land, Scandinavia and Scotland, landscapes of selec
tive linear erosion are most common in areas removed 
from the maritime fringes of ice sheets. This associ
ation probably reflects the relatively low mass turn
over in areas removed from oceanic moisture 
sources, where rapid, erosive flow can occur only in 
favourable locations.

It is inherently difficult to derive quantitative 
assessments of the amount of glacial erosion repre
sented by troughs, because of the unknown depth of 
preglacial valleys and an incomplete understanding 
of the tectonic contribution to relief production. By 
using the reconstructed paleic or preglacial surface 
in the Sognefjord drainage basin and subtracting the

Fig. 9.51 Landscape of 
areal scour near Loch Lax- 
ford, north-west Scotland. 
(RCAHMS aerial photo
graph, Crown Copyright)

present-day topography of the fjord, Nesje et al.
(1992) calculated that 7610 km' of material has been 
removed during successive Quaternary glaciations 
(Fig. 9.52). Depending upon the amount of Quater
nary time over which glaciations have been eroding 
Sognefjord, this yields a range of values from 102 to 
330 cm kyr for ice stream erosion rates. The 
reconstruction of the paleic surface allows us to 
view the nature of the preglacial relief and provide- 
evidence for the channelling of ice and the coraer.- 
tration of glacial erosion by pre-existing top grar r 
Nesje and Whillans (1994) proposed the foil г.; 
evolutionary development of Sognefjord a-  ̂ repre
sentative example of the Norwedan : rd- F:r 
9.53):

• Phase 1, deep chemical weathering and erosion 
during the Mesozoic and ear'.;. 7 ; :  produce 
the paleic surface just above sea- . .
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Fig. 9.52 The erosion of Sognefjord, west-central Norway. (A) The Sognefjord drainage basin, showing remnants 
oaleic surface, V-shaped valleys and gorges (V-symbol) and Tertiary soil remnants (stars). (B) Reconstruction of the ps ; 
'ace based on interpolation of paleic surface remnants; elevations in metres. The dashed line marks the edge of the г  : 
Z'a -age basin. (From Nesje and Whillans, 1994. Reprinted by permission of Elsevier)

• - :.;ч’ 2. a preglacial phase of Tertiary uplift, • Phase 3a, interglacials and interstadials
■ _n was greater towards the west coast, and subaerial processes erode the fractured rock . 

?'rd minantly fluvial incision of valleys guided daily at valley heads, and fill valley floor- i
. • fracture patterns: the debris (the paleic surface not greatly afi..
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Fig. 9.53 Schematic reconstruction of the main phases of 
development of Sognefjord, Norway. The dashed line rep
resents sea-level. (From Nesje and Whillans, 1994. Reprinted 
by permission of Elsevier)

• Phase 3b, repeated glaciation throughout the Qua
ternary resulting in overdeepening of pre-existing 
valleys and a uniform but very restricted net ero
sion of the paleic surface.

This reconstruction emphasizes the role of slope 
mass wasting during interglacials and interstadials, 
on the basis of the observation that the largest accu
mulations of coarse debris today occur in fans at 
valley heads and in deltas, both located below 
bedrock fracture zones.

The dimensions of troughs appear to be scaled to 
the amount of ice which discharged through them, in 
the same way as river channels are adjusted to bank- 
full discharges. A  relationship between trough size 
and ice discharge was first noticed by Penck (1905), 
who proposed the law of adjusted cross-sections. 
This relationship has been tested by Haynes (1972) 
for Greenland, Roberts and Rood (1984) for British 
Columbia, and Augustinus (1992) for New Zealand, 
by correlating parameters such as trough width, 
depth, length and cross-sectional area with the ice 
catchment area. The first four parameters ideally 
>hould be measured relative to preglacial erosion sur

faces, if they are identifiable, between the troughs 
being studied. The assessments undertaken by 
Haynes (1972), Roberts and Rood (1984) and 
Augustinus (1992) confirm that relationships exist 
between trough size parameters and glacier con
tributing area, which is the equivalent of the drainage 
basin in fluvial systems. Roberts and Rood (1984) 
proposed that trough length is proportional to glacier 
contributing area following a power function similar 
to that derived by Hack (1957) for fluvial systems:

L f = aGB (9.4)

where L f is trough length. GB is glacier contributing 
area, and a and b are constants.

There are significant correlations between various 
trough parameters and glacier contributing area, indi
cating that the erosion of troughs and fjords increases 
in direct proportion to the volume of ice discharged 
through them (Fig. 9.54). Moreover, comparisons 
made by Augustinus (1992) show that fjords in 
British Columbia are 2.5 times deeper and 2.4 times 
longer than New Zealand fjords for the same glacier 
contributing areas, indicating more intense glacial 
erosion on the British Columbia coast. This is prob
ably due to several factors, the most important being 
(a) water depths immediately offshore, which are 
shallower in British Columbia and therefore less 
capable of floating outlet glaciers, and (b) palaeo- 
glacial flowlines, which are considerably longer and 
fed by an inland ice sheet in British Columbia. In 
addition, the relative contribution of preglacial flu
vial and tectonic processes in both areas cannot be 
fully assessed, although Ryder (1981) suggested that 
the British Columbia fjords are too deep to be 
explained by glacial erosion alone, and a strong 
structural control is evident in the rectilinear pattern 
of fjord development.

Problems arise where troughs or fjords have been 
accessed by glacier ice flowing from ice sheet interi
ors and overtopping watersheds, such as occurred in 
the through troughs and fjords of the Torngat Moun
tains of Labrador (Ives, 1978; Clark, 1991b) and 
eastern Baffin Island during Laurentide ice sheet 
glaciations (Dowdeswell and Andrews, 1985). Such 
patterns of ice flow will result in disproportionate 
trough sizes relative to local drainage areas. Hayne> 
(1972) suggested that trough size-drainage area 
assessments can therefore be used to differentiate 
those features eroded by local as opposed to reg: 
ice. However, even within local ice sheet centre-. -e 
streams may cross from one drainage ha-:r : 
another. The amount of watershed brea  ̂ rg 
ice mass has been quantified by Hay re - - and 
Augustinus (1992) using the intercoanectivitv of 
troughs (Fig. 9.55). Connectivity i- it gr _ f —ter ice 
dispersal centres where glacier ice was capable of
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Fig. 9.54 (a) Re 5
ships b e tw e e n  glac V  
tr ib u tin g  area (A. 
f jord le ngth  (L), w i c r -  
and d e p th  b e lo w  sea 
(D )  fo r  Fiordlanc 
Zealand, (b) Rela*. : - 
be tw e e n  glacier 
t r ib u t in g  area an c  -  
cross-sectional area d* 
sum m it level (CSA„ 
sea-level (CSA^) a - ;  - 
de pth  b e lo w  sumr- - ■ 
(D se) fo r  Fiordlanc H 
Zealand. (From  A _ : _  
nus, 1992. Reprir - .e ;  

permission of  Else. =•-

— .— 1— .— .— i— 1— 1 .

100
Glacier contributing area (k m 2)

1000

1000

100
Glacier contributing area (k m 2)

overtopping and incising through preglacial water
sheds, and low in peripheral areas.

9.5.3 Landscapes of little or no glacial
erosion

Numerous examples exist o f preglacial landforms,
- jJim en ts and weathering horizons that have sur-

• ed intact despite occupation o f the area by glacier 
ice. perhaps on num erous occasions. Such landscapes 
: t :“ le  or no glacial erosion owe their preservation

■ • :ection bv cold-based ice caps or sectors o f ice
W hillans, 1978; Roald-

set et al., 1982; England, 1986, 1987; Kleman. - - Ц 
1994; Dyke, 1993b; Klem an and Bergstrom, i - --  

For example, land surfaces o f probable Т е- . 
age are preserved within the limits o f late W . 
sinan ice caps in the central Canadian Arctic . ■ - 
pelago (Dyke et al., 1992; Dyke, 1993b; Fig. - 5- , 
The land surfaces display dendritic fluvial \ . ; •_ 
tors, blockfields, patterned ground and g e l : _ _ ■  
terraces, features characteristic o f subaerial v . - 
ing and erosion in a periglacial climate. Simii_- - c* 
types which are known to have been ic e - ', . -sf 
during the last glaciation bear little or no w earnc-ai 
regolith, indicating that the w eathered la n d -_ .-e
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. ;=d by permission of  Scandinavian University Press)

■ eraser.: :ens o f thousands of years o f preglacial 
modification. In such areas, the only signs 

i . . .  .. modification may be marginal m eltwater 
cut during deglaciation (Sections 9.3.4.3

2 5.2 >. Palaeo-surfaces, often containing Ter- 
ш~- ia thering residues, exist in num erous high- 
. . i - j . :n s  which are dissected by troughs and 

'I A.mbrose. 1964; Bird, 1967; Sugden and 
Js "  i -176; Nesje and W hillans, 1994). In such 
ж-. -elective linear erosion m arks the position of 
fc — - . ’.-based ice streams, whereas the interven- 
n . ant preglacial landscapes record the location 
M a-based ice. Gellatly etol. (1988) and Rea et al.

-_ e described blockfields m elting out from
>  - - " . i a-based plateau ice caps in the m ountains 

. . Norway. The plateaux contain no evidence
'  a ___  modification, but rise above deeply dis-
•c . _ .e-m oulded terrain. The presence o f protec- 
v  .. a a-ba»ed ice caps on high plateaux has

(b )

Fig. 9.56 Landscape of  restricted glacial erosior г _ = 
sat im age of  Prince of Wales Island, Canadian - т . :
archipelago, sh o w in g  fragm en ts  of Tertiary .= e. .-.— 5 —  = 
(b ) th e  p re -Q u a te rn a ry  physiographic e l e ^ e - - : - : e  
Wales Island, w hich  have survived p re s u ^  
sheet glaciations. (From  Dyke et  a/., 1952 
mission of  th e  Geological Survey of  Cs~ г : ;
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im portant im plications for glacier reconstructions, 
because blockfields on high surfaces could be m is
taken for evidence o f form er nunataks (see E. Dahl, 
1965; Section 12.6.1.2).

At lower latitudes, deep-w eathered bedrock or 
saprolites exist in some areas that have been covered 
by ice sheets on a regular basis throughout the Pleis
tocene (e.g. Roaldset et al., 1982; Bouchard, 1985; 
Hall, 1985, 1986; Peulvast, 1985; Hall and Sugden, 
1987; Godard, 1961, 1989), attesting to erosional 
selectivity in glacial systems. On the basis o f studies 
in Scotland, G lasser (1995) argued that erosional 
selectivity reflects preferential ice stream ing along 
preglacial valleys, and correspondingly m inor ero
sion o f interfluves. He has shown that the m ost 
intense erosion occurs where the topography favours 
convergence of flow, im plying that preglacial relief is 
critical to patterns of erosion by glacier ice during 
m ultiple glaciations (cf. Klimaszewski, 1964).

9.5.4 Alpine landscapes
Alpine landscapes are among the m ost instantly rec
ognizable landscapes o f glacial erosion. They form  in 
areas of repeated valley glaciation, and com prise net
works o f troughs and cirques deeply incised into 
m ountain massifs. During glacial occupancy, the 
interfluves are com m only ice free, and are typically 
reduced to narrow aretes and sharp rock peaks or 
horns (Fig. 9.57). An ergodic model of the evolution 
o f an alpine landscape is shown in Fig. 9.58. Stage 
A  represents a fluvial landscape, with rounded inter
fluves, sinuous valley floors, interlocking spurs and 
tributaries graded to the main valley floor. In Stage
B, small cirque and niche glaciers occupy favourable 
locations, and accom plish lim ited erosion. Stage С 
represents occupation o f the landscape by confluent 
valley glaciers, and Stage D  represents the mature 
alpine landscape, consisting of troughs, hanging val
leys, truncated spurs and narrow interfluves. A t times 
of m axim um  glacier cover, ice may spill from  one 
catchm ent to another over low points on the w ater
shed, creating glacial breaches (Fig. 9.59).

A lpine landscapes are m ost spectacularly devel
oped in high-relief, tectonically active m ountain 
environments, such as the H im alaya, the North 
Am erican Cordillera, the Andes and the New 
Zealand Alps. In such areas, relative relief from  the 
valley floors to the summits can be in excess of 
3000 m, attesting to very high erosion rates linked to 
rapid uplift, slope instability, and high throughput of 
w ater and ice. Relative relief is generally lower for 

''nically stable alpine environm ents, and is least
■ : !d. relict m ountain terrains such as the H igh
er i '  o f Scotland and the m ountains o f western 

ScaKtinavia. The relationship betw een relative relief 
ш Л  tectonic activity suggests that alpine environ

ments may undergo a long-term  evolut: - 
sequence m irroring that o f the mountain be.: - 
which they occur. G laciation will be initiated d _ - - _ 
m ountain uplift, when the m ountain m ass i n t e r '; .> 
the regional snow line. Glacial incision and a ir  - :  
landscape developm ent will reach a maxim um  v . 
rapidly uplifting, high-altitude terrain extends h: г.- 
above the snow line. Once uplift ceases, relative i:. ." 
is reduced by erosion at an exponentially d e c re a v -. 
rate. Thus, m ountain belts that have been tectonic.il 
active in the recent geological past (such as the Eu: 
pean Alps) still have high-relief alpine terra 
whereas ancient m ountain belts (such as the Scon: - * 
Highlands) exhibit m uch m ore subdued alpine la r ;-  
scapes. This simple evolutionary sequence will. : 
course, be interrupted by global and regional clima: . 
change, inundation o f the m assif by ice sheets. ar._ 
other factors, but serves as a useful basic framewc r- 
for understanding alpine landscapes.

An assessm ent of the long-term  developm ent of 
alpine landscape has been made by Kirkbride ar._ 
M atthews (1997) for the Ben Ohau Range, S o u r  
Island, New Zealand. This north-south-trendi:: _ 
m ountain range trends obliquely to the regior._ 
north-w est to south-east rise in glacier equilibrium 
line altitudes, w hich resulted in a m arked gradient ir 
past glacier distribution along the range. As a conse
quence, the south end o f the range is a non-glacis 
landscape o f fluvial incision, whereas the north enc 
is a classic alpine glacial landscape of troughs anc 
narrow, pinnacled intervening ridges. By combining 
detailed m orphom etric analyses of these landscape- 
with the reconstructed clim atic and tectonic history 
o f the region, K irkbride and M atthews were able to 
dem onstrate that valley form s develop recognizable 
glacial profiles after c. 70,000 years of glacier occu
pancy, cirques become established after 200,000 
years of occupancy, and fully developed troughs 
require at least 320,000 years o f occupancy. It was 
not possible to determine absolute rates o f erosion, 
owing to uncertainty surrounding the am ount of flu
vial incision o f the valleys, and spatial variations in 
glacier mass throughput and erosiveness.

9.5.5 Cirque landscapes
Cirque landscapes are characterized by independent 
cirques incised into upland terrain. The appearance 
o f the landscape is strongly influenced by cirque den
sity, and may range from  isolated cirque basins cut 
into the edges of plateaux to densely packed cirques 
separated by narrow aretes (Fig. 9.60).

Because o f their assum ed association with small 
glaciers, cirques have been used as indicators of 
long-term  average palaeoclim atic conditions. Two 
principal cirque attributes have been employed: 
orientation and altitude. N um erous studies have
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p h o t o g ra p h  of a low -re lief  alpine landscape occupied by a com plex of valley and cirque glaciers, W o o t t o n  
■west Ellesmere Island, Arctic Canada. (Aerial p h o t o g ra p h  provided by th e  D e p a r tm e n t  of  Energy, Mines and

. .  r _ _ the tendency for the cirques within a 
:~nge to be preferentially oriented in cer-

* ' - r>. In the m id-latitudes o f the northern 
. - ju e s  predom inantly face between

north and east (e.g. Seddon, 1957: Schytt. 1959; 
King and Gage, 1961; Andrews, 1965: Temple. 1965; 
Sissons, 1967; Unwin, 1973; I.S. E van '. 1977; Vil- 
borg, 1977; Bennett, 1990). In con tra 't. in the south-
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Fig. 9.58 Ergodic m odel of the d e ve lo p m e n t  of  an alpine 
landscape fro m  a fluvial precursor. (From  Flint, 1971. Repro
duced by permission of  John W ile y  & Sons)

Fig. 9.59 Deep glacial breach, Cuernos del Paine, Chile. 
_ " e  breach is cut th r o u g h  a granite batholith (pale) and its 
r =  e capping (dark).  (Photo: C .M . C lapp erton)

rm  hem isphere m id-la titudes, o rien tations are 
rninantly between north-east and south-east. 

. jallow ay. 1963: Derbyshire, 1964; Clapperton, 
At the higher latitudes of the A ntarctic Pen-

Fig. 9.60 Cirque landscape, verg in g  on alpine landscape: 
T o r n g a t  Mountains,  Labrador, Canada. (Aerial p h o to g ra p h  
provided by the D e p a rtm e n t  of  Energy, Mines and 
Resources, C anada)

insula, the predom inant orientations shift to north 
and south, w ith secondary peaks o f north-west and 
south-west (Haynes, 1995). C irque orientations for 
specific regions can be portrayed effectively in cumu
lative vector diagrams (Fig. 9.61). Successive legs, 
proportional to the num ber o f cirques with particular 
orientations, are drawn on the diagram , beginning 
with the orientation approxim ately opposite to the 
vector mean. The straight line jo ining the first and 
last legs is the resultant vector, and can be used to 
sum m arize the distribution. A m easure o f cirque pre
ferred orientation or cirque asymmetry can be calcu
lated by expressing the length of the resultant vector 
as a percentage of total length of all the vectors, a 
quantity known as vector strength. I.S. Evans (1977) 
proposed a set o f asym m etry classes based on vector 
strength (Table 9.3).

Such diagram s and statistics give an im m ediate 
im pression o f the preferred orientation of cirques in 
any particular region. Strong to extrem e asymmetry 
may reflect structural and topographic controls, but 
such factors are unlikely to explain m arked cirque 
asym m etry over large regions unless com bined with 
clim atic variables. The tendency for cirques in m id
latitudes to face eastwards reflects the accum ulation 
o f snow and glacier growth in the lee-side hollows of 
upland terrains located in the westerly wind belts 
(e.g. Enquist, 1917; G loyne, 1964; King, 1974; Graf, 
1976; Benn, 1989b). The poleward aspects o f many 
cirques (north- and south-facing in the northern and 
southern hem ispheres respectively) result from 
reduced ablation and preferential glacier survival in 
such locations, where direct solar insolation is lowest



г с  г 61 Cum ula tive  vector diagrams of  glacier aspects (u p p e r )  and cirque orientations ( lo w er) .  All  glac e '  . e r : '  3 sg 'am s 
: i =' " e  s a ^ e  scale except for  th e  Cascades (half  scale) and Scandinavia (on e -te n th  scale). Cirque v e c : : '  :  = ; - = ~ к  are at 

i - e  : : a e  except for  Scotland and Y u k o n -T a n a n a  (half  scale) and Katun (o ne-fifth  scale). Nortb  s : ' e t o p  of
■ - : :e  : e ;„  :a n t  vectors are indicated by d o u b le  arrows. (M o d if ie d  fro m  I.S. Evans, 1977)
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Table 9.3 Definition of cirque orientation 
asymmetry categories

Vector strength Cirque asymmetry

100% Extreme
80% Strong
60% Marked
40% Weak
20% Symmetric

(W endler and Ishikawa, 1974). Low cirque asym m e
try may indicate that several generations o f cirques, 
each relating to different palaeoclim ates, may exist in 
the same area (e.g. Clark, 1991b). For example, 
Haynes (1995) has argued that in the Antarctic 
Peninsula the largest alpine valley heads w ith pre
dom inantly lee-side and poleward aspects (south-east 
and south) date to early marginal glacial conditions, 
whereas the sm aller cirques, which face predom i
nantly w indw ard (north-west), form ed during more 
recent, less m arginal, glacial conditions. Therefore, 
weak and windw ard vectors may arise in locations 
where glaciation is less marginal and cirques are well 
developed on the w indw ard sides of mountain ter
rains w here the highest direct precipitation occurs. In 
some regions strong windward vectors may result 
from this precipitation control (e.g. Andrews and 
Dugdale, 1971; A niya and Welch, 1981). The ten
dency for cirque asym m etry to be influenced by total 
glacier ice cover o f a region (intensity of glacieriza- 
tion) was term ed the law o f  decreasing glacial asym
metry with increasing glacier cover by I.S. Evans 
(1977). The greater asym m etry in cirque orientation 
is thus conceivably a m easure o f the marginality of a 
region to glacierization over the long glacial history 
o f the Earth and may explain patterns o f greater 
asym m etry in mid- and low-latitude upland terrains.

Regional trends in cirque elevation have also been 
interpreted in terms o f palaeoclim ate. For example, 
cirque floor altitudes in Scotland and north Wales rise 
from south-west to north-east, suggesting that there 
was a sim ilar altitudinal distribution o f cirque glaci
ers at various times during the Pleistocene (Sissons, 
1967: Robinson et al., 1971; Unwin, 1973; Bennett, 
] 9 9 0 1. This pattern m ost probably reflects form er 
rrecipitation  gradients, with conditions being m ost 

curable for glacier growth near oceanic moisture 
s _rces (Section 1.6.2). Sim ilar patterns have been 
r. :ed elsewhere in the world, including Scandinavia 
к _nger. 1948). the western USA (Meier, 1960) and 
". M .:nt Everest region of Nepal (Muller, 1980).

- _ --- -. .:"iatic reconstructions based on cirque floor
-.i___ . '  must, however, be treated with caution. At

. can only offer inform ation on average 
вшшЛйпи& during the Pleistocene, as cirques m ust

have been initiated and enlarged on several occasions 
under varying climates. Additionally, cirque floor 
altitudes may have been influenced by regional uplift 
or subsidence since their form ation, particularly in 
tectonically active regions such as New Zealand, the 
Him alaya and the Am erican Cordillera (Holmes.
1993). Finally, the altitude o f a cirque basin do e ' 
not necessarily bear a close correspondence to the 
equilibrium -line altitude o f the glacier which formec 
it. For example, R ichardson and Holm lund (1996 
found that in northern Sweden, the cirque occupied 
by Passglaciaren probably underw ent m ost rapid ero
sion on occasions when it was occupied by the head 
of an extended valley glacier, rather than a small 
cirque glacier as at present. Thus in this case, the 
cirque floor is probably a perched rock basin eroded 
below the upper reaches o f a large valley glacier, and 
at times of m ore restricted cirque glaciation it is an 
essentially fossil form bearing no clear relationship 
to the prevailing clim atic conditions.

9.5.6 Continent-scale patterns of 
erosion

An im portant attem pt to interpret the large-scale dis
tribution o f landscapes of glacial erosion in terms of 
ice sheet thermal regim e was m ade by Sugden (1977. 
1978), who considered patterns o f erosion beneath 
the Laurentide ice sheet. First, he reconstructed the 
surface m orphology and basal tem perature o f the ice 
sheet using a simple glaciological model. The result
ing therm al pattern consisted o f a wet-based inner 
area surrounded by an outer zone o f cold-based ice. 
which in turn was followed by a zone o f wet-based 
ice in some areas. This pattern was then compared 
w ith the distribution o f landscapes o f areal scouring, 
selective linear erosion, and little or no glacial ero
sion determ ined from  satellite images. The intensity 
o f glacial erosion was estim ated from the density of 
lake basins. Sudgen found a broad correspondence 
betw een the reconstructed therm al zones and the 
observed patterns o f erosion. Landscapes o f areal 
scour coincide with inferred wet-based areas, 
whereas landscapes o f little or no glacial erosion 
occur where the ice was calculated to be cold-based. 
The zone of m ost intense erosion (identified from 
areas with high lake density) coincided w ith the m od
elled transition between upglacier wet-based ice and 
dow nglacier cold-based ice, conditions conducive to 
w idespread plucking and debris entrainm ent (Fig. 
9.62). The closeness o f fit betw een reconstructed 
thermal regim e and glacial landscapes is remarkable, 
especially considering the sim plicity o f the glacio
logical model and the fact that the mapped erosional 
landform s are extrem ely unlikely to have form ed 
synchronously during the ice sheet maximum.
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Fig. 9.63 Style and intensity of glacial erosion in Scotland. (A )  Landscapes of  glacial erosion, and areas of  streamlining. 
(From  Haynes, 1983. Reprinted by permission of the a u th o r)  (B) Intensity of landscape m odif ication by ice sheets and alpine 
glaciers. T h e  intensity of ice sheet glaciation was measured by a valley connectivity  index, and th e  intensity of  m ou ntain  
glaciation is reflected in the p ro p o rt io n  of  valleys w hich  te rm in a te  in cirques. (From Haynes, 1977. Reprinted by permission 
of Scandinavian University Press) (C) Idealized examples of  th e  different types of glacial erosion: (a) proglacial landscape pre
served; (b ) m o u n ta in  glaciat ion;  (c) interconnected valleys of  ice sheet glaciat ion;  (d) areal scouring. (From Haynes, 1983. 

Reproduced by permission of  th e  autho r)

Indeed, basal therm al zones m ust have migrated 
during glacier expansion and retreat, and may have 
also shifted in association with clim ate change, 
resulting in palim psest erosional landscapes (Holm- 
lund and Naslund, 1994; Haynes, 1995). It is prob
ably significant that a sim ilar modelling exercise 
conducted by G ordon (1979) for Pleistocene ice 
sheets in Scotland revealed a generally poor fit 
between reconstructed thermal regim es and patterns 
o f  erosion. Further com plications are introduced by 
: ^pography and substrate geology. High massifs will 
experience m inim al erosion, selective linear erosion,

- r e a l  scour and trough form ation, depending on 
position relative to the 0° isotherm  at the bed

- : the degree o f flow convergence. M assifs pro- 
: - above the ice sheet surface close to the m ar

gin will develop into alpine landscapes, w hich will 
be m ore rugged in m aritim e than in continental 
environments. It should be noted, however, that 
alpine landscapes can also develop during local 
glaciations, at times when the large ice sheets are 
more restricted.

An im portant factor influencing large-scale pat
terns o f glacial erosion is form er glacier mass balance, 
particularly the availability o f precipitation (Sugden 
and John, 1976). O ther things being equal, higher 
precipitation totals will increase the mass turnover, 
and therefore the erosive capability, o f the glacier 
system  (Sections 2.3.3 and 4.1.1; Andrews, 1972). 
For example, the am ount of glacial erosion in Scot
land is greater in the west than the east, owing to the 
greater proxim ity o f the western H ighlands to oceanic
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:  g. 9.64 Reconstruction of preglacial Bell River System, Canada, and the glacial diversion of the headwaters to form the 
~ caern Mackenzie River drainage basin. (From Duk-Rodkin and Hughes, 1994. Figure provided by A. Duk-Rodkin)

~  isture sources (Fig. 9.63; Linton, 1963; Haynes, 
- '3 : Hall and Sugden, 1987). In the eastern part of 
■. country, successive ice sheets probably had low 

turnover, allowing the survival o f preglacial 
_■ -'Cape elements. The zonation of such landscapes 
' rrovided estimates o f the intensity o f subglacial 
:• - 'n associated with ice sheets or phases o f alpine
-----tion (Clayton and Linton, 1964; Clayton, 1974;
'  -_ien. 1974, 1978; Haynes, 1977, 1983).

~.e o f the most spectacular effects o f glacial 
- ". is the diversion o f major river systems. Many 
_e river systems o f northern Europe were div

erted from their preglacial courses by the ice sheet 
advances during the middle Pleistocene Saalian 
glaciation (Gibbard, 1988; Arkhipov et al., 1995; 
Section 9.3.4.3). For example, the river Thames, 
England, was diverted southwards from its preglacial 
course by the advance o f the Anglian ice sheet (Rose, 
1983; Gibbard, 1985). Figure 9.64 shows the recon
structed Tertiary drainage system of the Canadian 
Shield, and the present drainage basin o f the 
Mackenzie River resulting from glacial diversion o f 
the original west-to-east flow direction of the precur
sor Bell River (Duk-Rodkin and Hughes, 1994).
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Fig. 1.—Progressive stages in the undermelting of englacial detritus, 
(a) Glacier section with “ bottom ” , “ banded ” and, at the 
top, “ overriding” dirts; (b) undermelt in progress, and (c) 
nearly completed.

' . ' - : - o d u c t i o n
1 .1 = — ent classification an d  description
1 . : - з г у  glacigenic deposits (till)

-  r  . al  deposits
; I - - ; ,  rational m a s s -m o v e m e n t  deposits 
: le o o s it s  f ro m  suspension settling an d  iceberg activity

" l o w i n g  structures (lags, coquinas an d  b o u ld e r  p a v e m e n ts )



378 G l a c i a t io n

10.1 INTRODUCTION
i ' 

Sedim ent sequences in glacial environm ents can be
bewildering in their variety and complexity, and 
reflect the ever-changing character o f their processes 
o f deposition. Active depositional centres shift posi
tion on a daily, seasonal and random basis, and as 
glaciers advance and retreat. Debris is subject to 
deform ation, reworking and resedim entation by 
active and stagnant ice, flowing water, gravity and 
wind, and can undergo several cycles o f reworking 
before final deposition and preservation in the geo
logical record. In consequence, glacigenic and asso
ciated sedim ents exhibit enorm ous variability, and 
include sediments found in many other sedim entary 
environm ents as we I Las several unique to glacial set
tings. Additionaliy, many glacial sedimentary 
processes are difficult or im possible to observe 
directly, owing to the inaccessible or highly danger
ous environm ents in which they operate.

Understanding the com plex range of glacigenic 
sedim ents, and the landform s and landscapes that 
they underlie, has therefore provided glacial geolo
gists with m ajor problem s, and a seem ingly endless 
source of controversy and argument. M any solutions 
have been proposed to the problem s o f description 
and classification, as described in a detailed review 
by Dreim anis (1989). In recent years, powerful sys
tematic approaches to the study o f glacial sediments 
have been developed, as part of a w ider m ovem ent in 
sedim entology as a w hole (Boulton, 1972b; Walker, 
1976, 1992a; D reim anis, 1989). These approaches 
recognize that glacial depositional systems exhibit 
order on many different levels, either as a series of 
steps in time, or on a range of scales in space.

The time dim ension is im portant for understanding 
the origin o f deposits, because different sediment 
properties develop at different points o f the ero
sional, transport and depositional history o f the 
debris as it travels through the glacial system. The 
sequence o f steps can be regarded as a type of debris 
cascade system  (Chorley et al., 1984), w hich can be 
used as a basis for sedim ent classification (Boulton 
and Deynoux, 1981; Dreim anis, 1982b, 1989). This 
topic is discussed in Section 10.2.1, and the evolution 
of glacial landscapes on long tim e-scales is consid
ered in Chapter 12. The spatial dim ension allows the 
position o f deposition o f a sedim ent to be established 
with respect to adjacent sediments, the w ider envi
ronment, and the landscape as a whole. Study o f the 
spatial arrangem ents o f sediments at a hierarchy of 
scales allows the developm ent o f fa d e s  models, or 
'um m aries o f how individual deposits are nested 
t ogether to form  depositional systems (Walker, 1976, 

--■2ai. The idea o f facies models is introduced in 
Section 10.2.2 and developed throughout Chapters

11 and 12.

Sections 10.3-10.7 describe the range of dep
osits that com m only occur in glacial and pro
glacial environm ents, and their origin anc 
diagnostic properties.

10.2 SEDIMENT CLASSIFICATION 
A N D  DESCRIPTION

10.2.1 Debris cascades and sediment 
classification

Sedim entary deposits can be viewed as outcom es : 
a series o f processes extending back in time. In Fig 
10.1, this debris cascade system is broken down in :: 
three stages: debris source; transport path; and dep ■ 
sitional process. The debris source is the prin:_'> 
input to the system, and may be subglacial e g 
plucked and abraded bedrock, or overridden seg 
ments) or extraglacial (e.g. rock walls and pre-exis - 
ing deposits). The debris is then carried along or.c or 
m ore transport paths, including active or pasv . 
glacial transport, rivers and streams, subaerial or >_r 
aqueous slopes, iceberg rafting, and the air. D er - • 
m ay pass between transport paths many times pr: r  
to deposition. Depositional processes refer to _\: 
mechanism s that lay down the final deposit. . 
include glacial, fluvial, gravitational and aeoliar у  - 
cesses. O f these, only glacial depositional p ro .;  - o -  
are unique to glacial environments; processes :: n 
the other categories can operate in non-g acai 
environm ents as well as on glaciers. For ex.. -«* 
fluvial processes can deposit sediment in subg ..a tf  
tunnels, on proglacial braid plains or in ungi^. . s&. 
valleys.

Figure 10.1 provides a background for the . .  
classification o f sediments found in glacial e » r  ■ 
ments. The main criterion for the classifies:*® i 
depositional process, but it recognizes that _ . r i e  
stages of debris history also influence the p: r>r— m  
of deposits. Exam ples o f properties acquirec _ .гщу 
each of the three stages are as follows:

1. The debris source controls the litholog; :t j k  
particles in a sediment, but can also in fluer. .  т »  
tid e  m orphology and grain size d b :r  " .п н и  
(Gomez et al., 1988; Benn and Ballantyr.;

2. The transport path determ ines the wear pr . -*r 
experienced by particles as they move thr . _ V 
system, so exerts a strong influence on г-иг|Я  
m orphology (Boulton, 1978; Dowdeswr a  g L  
1985; Ballantyne and Benn, 1994). Gra:r • с  
tributions are also modified during tram  г - i  
result o f progressive wear and the pre- 
transport o f particular size grades by water . a *  
and gravitational processes (Church аг._ 1 ihnec



GLACIER FORELAND VALLEY SIDES ATMOSPHERE GLACIER BED DEBRIS SOURCE

POSITION 
OF ENTRAPMENT

TRANSPORT PATH

POSITION OF 
RELEASE AND 
DEPOSITION

Fig. 10.1 Debris cascade system

1975; Humlum, 1985a; Werritty, 1992). Particle 
lithology can also be influenced through contrasts 
in the durability of rock types under different 
types of transport (Slatt and Eyles, 1981). For 
glacially and gravitationally deformed sediment, 
aspects of the strain history can be reflected in 
sediment fabric and structure (Banham, 1977; 
Hart and Roberts, 1994; Benn, 1994b; Benn and 
Evans, 1996).

3. Depositional processes generally exert the 
strongest influence on sediment properties, and 
can control the geometry and extent of beds, sed
imentary structures (e.g. lamination, cross-bed
ding and grading), grain size distributions, particle 
morphology, fabric, geotechnical properties (e.g. 
porosity, shear strength and permeability), and 
others. Sediment properties are also influenced by 
post-depositional processes, such as diagenesis, 
faulting and folding, frost-heaving, and winnow
ing and leaching o f fine material by wind and 
water.

It is important to realize that sediment characteris
tics are little affected by the environment of deposi
tion. The properties of debris flow deposits, for 
example, depend on the grain size distribution of the 
parent debris and the water content during flow and 
deposition, and do not vary systematically between 
'Upraglacial, subglacial and non-glacial environ
ments. The same can be said for other sediment types 
" .  - iing  fluvial sediments. This has important 
- " . _::ons for sediment classification. Many classi- 

". themes have been proposed for glacigenic 
". w hich deposits are named according to

the process and position of deposition, which has 
resulted in a profusion of named types of ‘t i l l ’ and 
related deposits (see Dreimanis, 1989; Brodzikowski 
and van Loon, 1991). In practice, however, such 
schemes may be unworkable because, for deposits of 
vanished glaciers, the environment of deposition is 
not usually obvious from the deposit itself and must 
be inferred from careful analysis of the surrounding 
sediments and landforms, and even then it may be 
ambiguous. A more logical approach is to classify 
sediments by the processes o f formation, as revealed 
through their physical properties (Lawson, 1981a. b. 
1989; N. Eyles et al., 1983).

/£). In classifying sediments deposited in glacial envi
ronments, a distinction is sometimes made between 
primary deposits, laid down by uniquely glacial 
agencies, and secondary deposits, which have under
gone some form of reworking by non-glacia 
processes (Lawson, 1981b; Dreimanis, 19891 - 
According to this distinction, primary depos:> 
include tills deposited from a subglacial deform:г.; 
layer, or by lodgement or melt-out, whereas sec
ondary deposits are composed of glacial debris tha: 
has been remobilized and deposited by gravitat: "_ 
flowage, stream flow or other agencies. The b 
ary between primary and secondary deposit' 
ever, is arguable, and it is not always clear 
point sediments lose their uniquely glacis 
and become some other kind of deposit Tr 
culty is reflected in the debate over the Ш  >- 
the word t ill. This debate kept the Ti nr
the International Union for Qu_'.-. — - . 
(INQUA) occupied for more tha" - - -'*4  
and 1980s, and is still not re ' . .  i: . ■
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agreement. M ost m em bers o f the Till W ork Group 
accepted a broad definition o f till as ‘sedim ent that 
has been transported and deposited by or from glac
ier ice, with little or no sorting by w ater’ (Dreimanis,
1989). This definition would em brace all primary 
deposits and some secondary deposits, particularly 
those form ed at or near glacier margins by gravita
tional reworking processes. However, many glacial 
geologists prefer the m ore restrictive definition pro
posed by Lawson (1981b): ‘Till is . . . sedim ent 
deposited directly by glacier ice, and has not under
gone subsequent disaggregation and resedim enta
tion.’ A ccording to this definition, only sediments 
deposited by primary, uniquely glacial processes can 
be classified genetically as tills, and mass movement 
deposits from  glacial settings are grouped with sim i
lar deposits from  other environm ents, rather than 
with tills. Law son’s definition is adopted in this 
book, because it em phasizes the im portance of depo
sitional processes, rather than position o f deposition, 
in sedim ent classification. A pproaches to defining the 
position and environm ent of deposition o f a sediment 
are discussed in the following section.

10.2.2 Facies and facies models

10.2.2.1 SPATIAL HIERARCHIES

The position o f deposition and environmental signifi
cance o f a sedim ent can be understood only with ref
erence to the surrounding sediments and rocks. In 
m odern environments, sediments are rarely deposited 
in isolation, but are laid down as part o f assemblages 
that reflect the range o f processes active in that envi
ronm ent. Such assem blages can be recognized at a 
w ide range o f scales, from the very small to that o f a 
whole continent or ocean basin. For exam ple, cross
bedded sands may be part o f an assem blage o f sand 
and gravel infilling a fluvial channel; in turn, the chan
nel fill could be part of an assem blage o f channel and 
bar deposits in a braided river system; and the braided 
river system  part o f a yet larger assem blage of 
deposits laid down during a glaciation. The environ
mental context o f a sedim ent can therefore be defined 
at different levels o f  a spatial hierarchy, beginning 
with the im m ediate locality and panning out to wider 
and wider horizons. A t each successive level, the con
trols on the sedim entary system becom e larger in 
scale and longer-lasting in effect. For our exam ple of 
fluvial sands, at the local level the main controls on 
deposition are the shape o f the im m ediate river bed 
.md the short-term  flow conditions as determ ined by 
rainfall, glacier m elt and release o f stored water. At 
:he largest scale, the form ation, location and extent o f 
.  rraided river system  is controlled by global factors
• _. as long-term clim atic cycles, relative sea-level 
" - ivions and tectonics.

This hierarchical approach to sedimentology, there
fore, is a powerful means of describing how sedim ent' 
landform s and landscapes fit together, and determinir.g 
how organization in the landscape reflects the organi
zation of depositional processes and external control > 
in the environment. It forms the basis offacies model
ling, or constructing descriptive and predictive model - 
o f relationships between different deposits (Walker 
1 9 7 6 ,1 9 9 0 ,1992a; Reading, 1986).

In the following chapters, we will discuss g lacu. 
sediments and associated landforms at four levels с t 
organization, based on those4 defined by Walke- 
(1992a; Fig. 10.2)TFrom the sm allest to the large '' 
scale, these are: (a) facies, or individual deposits; (b > 
sediment—landform associations', (c) depositiona. 
systems, or landsystems', and (d) glacial system 
tracts, or large-scale linkages o f depositional system ' 
The boundaries betw een these levels are to some 
extent arbitrary, and differ slightly from  those recog
nized by other authors. Those defined below have 
been tailored to the particular problem s o f description 
o f glacial sediments, landform s and environments.

10.2.2.2 FACIES

The fundam ental unit o f this spatial hierarchy is the 
individual sedim entary deposit or facies  (from the

comparison of modern 

and ancient examples 

("distillation")

Fig. 10.2 Hierarchical sediment classification. (From 
Walker, 1992a. R eproduced by permission of  the Geological 
Association of  Canada)
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Lsiin word m eaning ‘aspect’ or ‘appearance o f ’
• Tiething). In this context the word ‘facies’ refers to
- x>dy of sedim ent with a distinctive com bination of
■ - perties that distinguish it from  neighbouring sed- 
~ ents (Reading, 1986; Walker, 1992a). Facies are 
. 'tinc t sedim ent types deposited by single processes 
г groups o f processes acting in close association.

< "en we wish to refer only to the objective, physi-
- - characteristics of a deposit, with no reference to 
icpositional processes, the term  lithofacies is used. 
z amples o f lithofacies are cross-bedded sand and

' clay laminae. Genetic facies  are nam ed sedimen- 
units w hich state or im ply a specific m ode o f for- 

_ _::on. The genetic facies equivalents o f the 
"~r ■ ious lithofacies exam ples m ight be dune-bedded

> and varves, w hich im ply an origin by bedform  
gration and annual lacustrine sedim entation 
-.es. respectively. Note that genetic facies carry

• :ng amounts o f environm ental information, 
. .u se  some can occur in an extrem ely wide variety

:c ironments whereas others are form ed in a very 
i n  ed num ber o f settings. For example, the pres- 
:" ‘. r  o f lodgem ent till carries more inform ation
- > the form er distribution of glacier ice than a

flow deposit, because the form er requires 
ш  - uely glacial processes for its deposition.

*: 2 .2 .3  S E D I M E N T - L A N D F O R M  A S S O C I A T I O N S

I ' - “ext level in the hierarchy is the sediment-land- 
i  — association or facies association, defined as an 
-sec-.blage o f facies that are genetically related
•  - • er. 1992a). Facies associations consist o f sedi- 

" :" ‘ • '.hat were laid down beside each other or in an 
и - ven vertical succession. An unbroken vertical 
x .  - • ‘ :n between two facies reflects a lateral shift 
t  . -irional processes, such as w here fluvial bars 
в  _ • _ ■ e downstream and bury older channel deposits, 
i t  * r  ere glacier retreat causes ice-m arginal deposits 
и *•: _?erimposed on subglacial sediments. The use

facies associations to infer the spatial pat-
-  " : depositional processes is known as Walther’s 

t m  с ■' . :es (Walther, 1894; B latt et al., 1980; Read-
' - N5).

T * . _ndaries o f facies associations are m arked
■ m  - j  > o f erosion or non-deposition or bounding 

Лкж г zr..:::es. w hich represent breaks in deposition
■ ■ g duration. Similar, more extensive discon- 

в . - ire also used to define depositional systems 
ш Щ e~  s- tracts at higher levels in the hierarchy 
Щ в -g ner et al., 1988; Walker, 1990, 1992a). 
i e ;  . - -  .r.Jform  associations are facies associa- 
■ e  г-ive surface expression in a landform
* t g r .  e:ically related to the underlying facies. 
I  . . ■ .ep t is the architectural element, which 
» *  lac -o e ia t io n  w ith characteristic three- 
■mcsa«i! gee metry, w hich may be buried by

younger deposits (M iall, 1985a; Walker, 1992a). An 
exam ple o f a sedim ent-landform  association is a 
stream lined ridge of deform ed sedim ents aligned 
parallel to glacier flow, characteristic o f a fluted till 
surface; and an exam ple o f an architectural elem ent 
is a buried river channel filled with cross-bedded 
sands and gravels. In glacial environments, sedi
m ent-landform  associations can also be defined on 
the basis o f distinctive deform ation structures, such 
as thrust-block moraines, w hich are com posed of dis
located wedges o f sedim ent separated by low-angle 
reverse faults.

Facies associations and sedim ent-landform  asso
ciations place facies w ithin a context, indicating the 
local stratigraphic, structural and genetic relationship 
betw een closely associated facies. They therefore 
imply particular depositional environments or sub
environments, such as a proxim al reach o f a braided 
river or an advancing ice margin, in a way that 
lithofacies or genetic facies seldom can. Subglacial, 
ice-m arginal, glacifluvial, glacilacustrine and glaci- 
m arine sedim ent-landform  associations are dis
cussed in Chapter 11.

1 0 . 2 . 2 . 4  D E P O S I T I O N A L  S Y S T E M S ,  

L A N D S Y S T E M S  A N D  S Y S T E M S  T R A C T S

Facies associations and sedim ent-landform  associa
tions can be grouped together into depositional sys
tems or landsystems. These are large-scale groupings 
o f facies deposited in the sam e overall environment, 
such as the infill o f a m ajor proglacial lake or the 
assem blage of sedim ents and landform s deposited 
along the margins o f a retreating glacier. Glacial 
landsystem s also include erosional forms that were 
created broadly contem poraneously with sediments 
in the same environment. Exam ples include sub
glacial landsystems, consisting of areas of ice- 
scoured bedrock, subglacial tills, fluted m oraines and 
eskers; and glaciated valley landsystems, consisting 
of troughs, rockwalls, lateral m oraines and fluvial 
forms. Summary m odels o f glacial depositional 
systems and landsystem s have been provided by 
Boulton and Paul (1976), Boulton and N. Eyles 
(1979), N. Eyles (1983c), Powell (1984), C.H. Eyles 
et al. (1985) and N. Eyles and C.H. Eyles (1992). In 
Chapter 12, we describe glacial landsystem s under 
four headings: (a) subglacial; (b) ice-m arginal and 
supraglacial; (c) subaqueous; and (d) glaciated 
valleys.

In recent years, petroleum  geologists have devel
oped the idea of sequence stratigraphy as a m eans of 
predicting the location o f hydrocarbon reservoirs 
(Brown and Fisher, 1977; Van W agoner et a!.. 1988; 
Posam entier et al., 1988; Gallow'ay. 19>9: Walker, 
1992a). Sequence stratigraphy links depositional 
systems into genetically related systen-.s rracts, and
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provides a powerful means of analysing the com plex 
relationships between facies in a depositional basin, 
and unravelling the history of environm ental changes 
contained in the geological record. The approach has 
been applied to glacial systems by some researchers 
(e.g. Boulton, 1990; N. Eyles and C.H. Eyles, 1992; 
M artini and Brookfield, 1995), although its potential 
is still largely unrealized. The application of 
sequence stratigraphy to glacial studies is discussed 
in Section 12.2.2.

The study of the large-scale distribution o f deposi
tional systems and landsystem s is one of the m ost 
exciting branches o f glacial geology, because it is at 
this scale that the im pact of glaciation is revealed at 
its m ost impressive. Large-scale studies allow long
term  cycles o f landscape change to be reconstructed, 
and the links between glacial cycles and global 
oceanographic and clim atic change to be identified.

10.2.3 Sedim ent description

From  the foregoing, it is clear that a com prehensive 
description of a sedim ent should include details of:
(a) its properties, allowing aspects o f its erosional, 
transport and depositional history to be recon
structed; (b) its geom etry; and (c) its position with 
respect to the adjacent sediments and the land surface 
at a range o f scales.

Sediment properties provide the basis for defining 
and describing lithofacies. The choice o f properties 

' v(.tV to be described m ust be guided by the object o f the 
t\)'< investigation, because different properties convey 

different types of inform ation (Section 10.2.1). Prop
erties com m only described in glacial process studies 
are grain size distributions, structures, fabric, particle 
form, m atrix properties and density. Some o f the 
techniques for m easuring lithofacies properties are 
briefly described in this book; additional information 
can be found in com prehensive textbooks by Bradley 
(1985), Goudie (1990) and Gale and Hoare (1991). A 
particularly im portant characteristic is sedim ent tex

ture, defined in term s o f the dom inant grain size anc 
the grain size distribution. The definitions o f clay 
silt, sand and gravel particles are shown in A ppendn
2. Poorly sorted sediments are term ed diamicton 
(Table 10.1) and their lithified equivalents are term at 
diamictites (Flint et al., 1960a, b; Harland et al.. 
1966). Some researchers use the overall term  diamict 
to cover both diam ictons and diam ictites (e.g. N 
Eyles et al., 1983).

Sedim entologists have devised various shorthand' 
or lithofacies codes for recording lithofacies proper
ties in the field. These codes consist of letters denot
ing sedim ent lithology, plus additional letters for 
internal structures or inclusions. A w idely usee 
schem e for the deposits o f braided rivers was intro
duced by M iall (1977, 1978) and was later extendec 
by N. Eyles et al. (1983) to include codes for diam ic
tons (Fig. 10.3). The diam icton code is less satisfac
tory than that for fluvial sediments because it om it' 
several im portant diagnostic properties, such as den
sity, particle m orphology and fabric. Reliance or 
lithofacies coding alone yields insufficient inform a
tion for correct interpretation; so the codes should be 
used only as a supplem ent to other observation ' 
(Dreim anis, 1984b; Karrow, 1984b; Kemmis anc 
Hallberg, 1984; Hambrey, 1994). O ther coding 
schem es have been devised for specific purposes. 
Ghibaudo (1992) proposed a useful scheme for 
describing subaqueous m ass flow deposits, incorpo- 

gating  code letters for textural variation and a range 
o f internal structures (Fig. 10.4).

The geom etry and position o f lithofacies are usu
ally portrayed graphically in vertical profiles, two- 
dim ensional logs, m aps or some com bination of the 
three. Vertical profiles are m easured vertical sections 
on w hich bed thickness and lithology are shown, 
alongside additional inform ation such as structural 
data and the nature o f contacts between lithofacies 
(e.g. gradational, erosional, deformed). M odal grain 
size o f lithofacies is shown on vertical profiles using 
the w idth of the bed, providing a rapid im pression of

Ta b le  10.1 Classification o f  glacial deposits a n d  associated facies used in this  b o o k

Primary glacigenic Glacifluvial deposits Gravitational mass-movement Deposits from  suspension
deposits (tills) deposits settling and iceberg activity

Lodgement till Plane-bed deposits Scree Cyclopels
Glacitectonite Ripple cross-laminated facies Debris-fall deposits Cyclopsams
Deformation till Cross-bedded facies (dunes and Gelifluction deposits Varves
Comminution till antidunes) Slide and slump deposits Dropstone mud
Melt-out till Gravel sheets Debris-flow deposits Dropstone diamicton
Sublimation till Silt and mud drapes Turbidites Undermelt diamicton

Hvperconcentrated flow Iceberg contact deposits
deposits Ice-keel turbate



Code Description
Diamictons Very poorly sorted admixture of wide grain 

size range
Dmm Matrix-supported, massive.
Dcm C last-supported, massive.
Dcs Clast-supported, stratified.
Dms Matrix-supported, stratified.
Dml Matrix-supported, laminated.
____ (c) Evidence of current reworking.

_ (r) Evidence of resedimentation.
____(s) Sheared.

_ _ (p) Includes clast pavement(s).

Boulders Particles >  256 mm (b-axis)
Bms Matrix-supported, massive.
Bmg Matrix-supported, graded.
Bcm Clast-supported, massive.
Beg C last-supported, graded.
Bfo Deltaic foresets.
3L Boulder lag or pavement.

3~5vels Particles of 8 -256  mm 
3 -.s  Matrix-supported, massive.

C last-supported, massive.
Matrix-supported, imbricated.
C last-supported, massive (imbricated).
Deltaic foresets.
Horizontally bedded.
Trough cross-bedded.
Planar cross-bedded.
Upward-fining (normal grading). 
Upward-coarsening (inverse grading). 
Openwork gravels.
Deformed bedding.
Palimpsest (marine) or bedload lag.

■ i ~ues Particles of 2 -8  mm
Massive with clay laminae.
Massive and infilling channels.
Horizontally bedded.
Massive and-homogeneous.
Massive and pseudo-bedded.
Massive with isolated outsize clasts.
Massive with isolated, imbricated clasts. 
Massive with pebble stringers.
Open-work structure.
Repeating upward-coarsening cycles. 
Repeating upward-fining cycles.
Trough cross-bedded.
Upward coarsening.
Upward fining.
Cross-bedded.
Deltaic foresets.

Particles of 0 .063-2  mm 
Medium to very coarse and trough cross
bedded.
Medium to very coarse and planar cross
bedded.
R pple cross-laminated (type A).
3 ople cross-lam inated (type B).
Ripple cross-lam inated (type S).
С mbing ripples.
Starved ripples.
.=ry fine to very coarse and horizontally/plane 

jd e d  or low angle cross-laminated.
-  :^zontal and draped lamination.
I  т :a:c foresets.

S Y M B O L S

A  A*

!
|П N II

D ia m ict

stratified

s h e a re d

jo inted

m A

G ra v e l

S a n d

F in e s

L a m in a tio n s  
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with d ro p s to n e s  

w ith lo ad in g s tructures

C o n ta c ts

E ro s io n a l

C o n fo rm a b le

L o a d e d

In te rb e d d e d

Sfl Flasar bedded
Se Erosional scours with intraclasts and crudely

cross-bedded.
Su Fine to coarse with broad shallow scours

and cross-stratification.
Sm Massive.
Sc Steeply dipping planar cross-bedding (non-

deltaic foresets).
Sd Deformed bedding.
Sue Upward-coarsening.
Suf Upward-fining.
Srg Graded cross-laminations.
SB Bouma sequence.
Scps Cyclopsams.
____ (d) With dropstones.
____ (w) With dewatering structures.

Silts & Clavs Particles of <0.063 mm 
FI Fine lamination often with m inor fine sand

and very small ripples.
Flv Fine lamination with rhythmites or varves.
Fm Massive.
Frg Graded and climbing ripple cross

laminations.
Fcpl Cyclopels.
Fp Intraclast or lens.
____ (d) W ith dropstones.
____ (w) With dewatering structures.

: es coding scheme m od if ied  f r o m  Miall  (1978) and N. Eyles et al. (1983), and including г - с с  '  ;a* ons fro m





С)

г icies G (gravel beds)
m G : massive gravel
xG: cross-stratified gravel
sG : plane-stratified gravel
gG: graded gravel

g sG : graded to plane-stratified gravel

Facies GS (gravel-sand couplets)
gG S : graded gravel-sand couplet 

gxG S: graded to cross-stratified gravel-sand couplet 
gsG S: graded to plane-stratified gravel-sand couplet 
g lG S: graded to lam inated gravel-sand couplet 

gsxG S: graded to plane-stratified to cross-stratified 
gravel-sand couplet 

i ^ G S : graded to plane-stratified to lam inated gravel- 
sand couplet

r  ic;es GyS (gravelly sand beds)
mGvS massive gravelly sand
xGyS cross-stratified gravelly sand
sGvS graded gravelly sand

a  GyS graded to cross-stratified gravelly sand
» G y S graded to plane-stratified gravelly sand
gIGyS graded to lam inated gravelly sand

: ; ’.GyS graded to plane-stratified to cross-stratified 
gravelly sand

rslGyS graded to plane-stratified to lam inated gravelly 
sand

sGyS plane-stratified gravelly sand
iiG vS plane-stratified to cross-stratified gravelly sand
dGyS plane-stratified to lam inated gravelly sand

■ _::es S (sand beds)
mS massive sand
xS cross-stratified sand
zS graded sand

gxS graded to cross-stratified sand
jsS graded to plane-stratified sand
giS graded to lam inated sand

£S-\S graded to plane-stratified to cross-stratified 
sand

gsiS graded to plane-stratified to lam inated sand
»S plane-stratified sand

5xS plane-stratified to cross-stratified sand
slS plane-stratified to lam inated sand

. - f ; SM (sand-m ud couplets)
rSM graded sand-m ud couplet

cS M graded to lam inated sand-m ud couplet
S M laminated sand-m ud couplet

iSM cross-stratified sand-m ud couplet
* S M thin-bedded, graded sand-m ud couplet

thin-bedded, rippled sand-m ud couplet

r; '-!S im ud-sandcouplets)
l MS graded to lam inated m ud-sand couplet

-MS laminated m ud-sand couplet

= ic:es T M silt-m ud couplets)
T M laminated silt-m ud couplet

{7M graded silt-m ud couplet

; i  -acies classification of subaqueous f lo w  deposits 
жж z, G h ib a u d o  (1992): (a) letter codes for  internal 
jujj  :  ■'acies and subfacies classification; (c) facies
■ K  r  : ; ^ ; ; '  ptions. (From  G h ib a u d o ,  1992. Reproduced 
»  ж »■- s  : r  Blackwell)

Facies MT (m ud-silt couplets)
1MT: lam inated m ud-silt couplet 

gM T : graded m ud-silt coupiet

Facies M (mud beds)
lgM : lam inated to graded mud 
g M : graded mud

Facies MyS (muddy sand beds) 
m M yS: massive muddy sand 
gM yS: graded muddy sands

Facies SyM (sandy mud beds) 
mSyM: massive sandy mud 
gSyM : graded sandy mud

Facies MyG (muddy gravel beds) 
m M yG : massive muddy gravel 
gM yG : graded muddy gravel

Facies GyM (gravelly mud beds) 
m G yM : massive gravelly mud 
gG yM : graded gravelly mud

the overall character of a succession (Fig. 10.5). Ver
tical profiles are ideal for portraying the lithology of 
cores, and are also often used for recording outcrop 
data. However, vertical profiles give very limited 
inform ation on the geom etry of facies and facies 
associations, and the relative im portance and extent 
o f bounding surfaces, so where outcrop data are 
available, two-dimensional logs are preferable. Two- 
dimensional logs vary from  sketches to very detailed 
m easured drawings, and are a good m ethod for show
ing lithofacies geom etry and the larger-scale geom e
try (architecture) of associations. Lithological data 
can also be shown. Two-dimensional logs can be 
constructed relatively quickly by drawing on to over
lays on photographs. Several exam ples o f two- 
dimensional logs are given in Chapter 11. Ideally, 
facies geometry and architecture should be logged in 
three dim ensions, but data o f this quality are very 
rarely available. Landform maps have been important 
tools for glacial geom orphologists for man}' years, 
and when com bined with two-dim ensional logs can 
give a very good summary o f the three-dim ension..’ 
form of sedim ent assemblages.

In the following sections, we describe the pnr._ r_ 
genetic facies com m only found in glacial, pr ‘ _. 
glacilacustrine and glacim arine environm ent'. . - r 
the classification shown in Table 10.1. Sh ■ —  
tidal sediments are not described. and '.  
readers are referred to Elliott (1986a 
Flint (1992) and Dalrym ple (1992 for • 
reviews. A genetic approach is taker ■ - 
reasons. First, it em phasizes the ‘ . .
characteristics and the p ro c e -^ ' Ы *о~ _
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Fig. 10.5 Conventions used in vertical profile logs. (1) Log 
w id th  indicates m odal particle size, as depicted on the 
lo w e r  scale, w h e re  С =  clay, Si = silt, fS =  fine sand, cS = 
coarse sand, G r  =  granules and G = gravel; (2) facies codes; 
(3) graphical symbols indicate sediment structures (e.g.  rip
ples, p lanar b e dding ,  etc.)

providing continuity with Part One o f  this book. Sec
ond, genetic facies may have a range of lithofacies 
characteristics depending on variations in the source 
m aterial and the relative im portance of various depo- 
sitional processes. A purely descriptive approach to 
discussing glacigenic and related sediments would 
therefore be over-complex and repetitive.

For each genetic facies covered in this chapter, we 
provide a definition, a brief account o f the processes 
of deposition, and typical distinguishing characteris
tics, such as grain size distribution, particle m orphol
ogy, fabric, internal structures, and facies dimensions 
and geometry.

10.3 PRIMARY GLACIGENIC 
DEPOSITS (TILL)

10.3.1 Overview
Prim ary glacigenic deposition, as defined in Section 
! >.2.1, can occur supraglacially by the m elt-out and 
'ublim ation of debris-rich ice, or subglacially by 
some com bination o f lodgement, deposition from a 
deform ing layer, and melt-out. As we saw in Sections 
5 5 5.6. subglacial deposition probably usually

involves com plex interactions between these basic 
processes. As a result, subglacial tills are enorm ously 
variable, and defy attem pts to classify them into dis
tinct, exclusive categories. A useful approach is to 
regard tills 'deposited  by each of the three prim ary 
processes as end-m em bers o f a continuum , and tills 
deposited by more than one process as occupying 
interm ediate positions between these end-m em ber 
types (Dreim anis, 1989). This approach has been 
refined by H icock (1990, 1993), who portrayed the 
continuum  of glacial depositional processes first as a 
triangular prism, incorporating gravitational flowage 
(Fig. 10.6), then as an octahedron incorporating 
gravitational flowage and the activities and effects of 
water. The evolution of particular tills can then be 
shown as curves showing the changing influence of 
the end-m em ber processes through time (spaghetti 
diagrams).

In the following sections we describe genetic till 
facies associated with each end-m em ber depositional 
process, then consider the characteristics of interm e
diate tills. Sedim ent deposited from subglacial 
deform ing layers is described under two headings; 
glacitectonites, in w hich some structural characteris
tics of the parent m aterials survive, and deformation 
tills, where they do not.

10.3.2 Lodgement till
Lodgem ent till can be defined as ‘sediment deposited 
by plastering o f glacial debris from  a sliding glacier 
sole by pressure m elting or other m echanical 
processes’ (Dreimanis, 1989). Lodgem ent tills are 
com m only overconsolidated due to dewatering under 
ice overburden pressure. They usually have high bulk 
density and penetration resistance, and in some cases 
have the appearance o f concrete. They may be mas-

S E C O N D A R Y  D E P O S I T S

Fig. 10.6 T r ia ngula r  prism diagram  show ing  a co n tin u u m  
of subglacial till fo rm in g  processes. (From  Benn and Evans, 
1996, after Hicock, 1990)



sive in appearance, but more usually are traversed by 
numerous subhorizontal joints, giving the till a fissile 
structure (Fig. 10.7). These joints are sometimes pol
ished and striated, indicating that some are former 
shear planes (Boulton et al., 1974; Benn, 1994a), 
although it has also been suggested that jo int devel
opment is related to dewatering processes (Muller, 
1983). Most lodgement tills are diamictons with 
grain size distributions that reflect debris crushing 
and abrasion during subglacial shear (Section 5.7.2). 
Typical distributions are bimodal or multimodal, 
with distinct modes in the silt (rock flour) and gravel 
(clast) ranges. The precise positions of these modes 
are strongly influenced by the lithology and mineral
ogy of the parent materials, particularly their suscep
tibility to crushing and abrasion processes 
(Haldorsen, 1981, 1983).

Pebble and boulder «-axis fabrics have consistent 
strong preferred orientations parallel to ice flow, and 
ci—b planes tend to have a gentle upglacier imbrica
tion (Fig. 10.8; Dowdeswell and Sharp, 1986; Benn, 
1994a; Hart, 1994a; Kruger, 1994). а-axis fabric 
shape is characterized by low isotropy and moderate 
to high elongation. These characteristics reflect 
strongly constrained shear at the ice-till interface; i f  
particles are bridged between ice and till, movement 
of the ice w ill tend to rotate the particle until its a- 
axis and a-b  plane are parallel to the plane of shear, 
although an upglacier imbrication w ill develop, 
because of the tendency for till matrix to plough up 
in front of the particle. Additionally, the а-axes w ill 
rotate into parallelism with the direction of shear, 
because of the drag imposed by the surrounding ice 
and till matrix (Lindsay, 1970; Benn, 1994a, 1995; 
Benn and Evans, 1996). Matrix particles can also 
show strong preferred orientations parallel to shear, 
particularly in the vicinity of micro-shears and other 
fault planes (Owen and Derbyshire, 1989; Owen, 
1994).

Fig. 10.7 Lodgement t il l traversed by subhorizontal joints, 
Isle o f Skye, Scotland. Note the  abraded clasts. (Photo: D.l. 
Benn)

One of the most distinctive characteristic' c: 
lodgement tills is the abundance of asymme:: _ : 

clasts, resembling miniature roehe-:r u: 
nees, with smoothed upglacier (stoss) .
fractured downglacier (lee) sides, formed after _ 
have become lodged and continue to be ovemdee г 
by active ice (Figs 5.36-5.38; Boulton, 1978; K ti g. 
1979; Sharp, 1982; Benn, 1994a). The pluckec 
faces often show a very strong downglacier preferred 
orientation. Double stoss-and-lee clasts have al> 
been described from lodgement tills bv K r u _ '  
(1984, 1994).

10.3.3 Glacitectonite
The term glacitectonite refers to subglacially sheared 
rocks and sediments, and was introduced by Banhan: 
(1977), who made the analogy with tectonite, a meta- 
morphic rock with structures and fabrics imprinted 
by its tectonic history. Banham used the term to 
embrace sheared materials that retain some priman 
structures, such as lamination or cross-bedding (ext - 
diamict glacitectonite), and diamictons, in which ah 
primary structures have been destroyed by shear 
(endiamict glacitectonite). In this book ‘glacitec- 
tonite’ , is used more restrictively, and is defined â  
rock or sediment that has been deformed by sub
glacial shearing but retains some of the structural 
characteristics of the parent material, which ma> 
consist of igneous, metamorphic or sedimentary 
rock, or unlithified sediments. It therefore is used in 
the same way as ‘exodiamict glacitectonite' a> 
defined by Banham (1977). Diamictic products f 
subglacial shear are referred to as deformation till in 
this book (Section 10.3.4). Some researchers ob;ec: 
to using ‘glacitectonite’ on the grounds that the 
‘-ite’ should be applied only to lithified sedimen> г 
other rocks (e.g. Elson, 1989). This view, how ever. >

Fig. 10.8 Lodged boulders are ---- : ъ mrtp
the ir long axes parallel to  the с : r  : * ; i «  - o*.
as fo r these boulders on the *r"=  ; ' : zr 5 *---- л п  : — •
Norway. (Photo: D.i. Вег"-



Fig. 10.9 Glacitectonites f r o m  Drym en, Scotland, (a) Glacitectonite comprising sand and gravel pods separated by attenu
ated silt and clay beds. Note the erosional contact w ith  und erly in g sand and gravel foreset beds, w hich  have been cann1- 
ba zed to  produce th e  glacitectonite.  (b ) Vertical sequence comprising n o n -pen etrative  glacitectonite of  folded sands anc 
: *s unit  1a) and sands and gravels (unit  1b), overlain by penetrative glacitectonite of  silts, sands and diam icton (un it  2), anc 
: r ed by a de fo rm a tio n  till (un it  3). Circled codes represent positions of fabrics presented by Benn and Evans (1996). (Repro- 
: .  с . permission o f  Elsevier)
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incorrect. There is no such restriction on the use of 
‘-ite\ and the words ‘diatomite’ and ‘turbidite’ , for 
example, are used by geologists and Quaternary 
scientists to refer to lithified and unlithified mate
rials alike. Furthermore, no viable alternative 
word for this type o f deposit has been proposed 
(Pedersen, 1989; Dreimanis, 1989; Benn and Evans, 
1996).

The characteristics o f glacitectonites partly reflect 
the nature o f the parent material and partly their his
tory o f strain in a subglacial deforming layer. They 
can display evidence for brittle or ductile deforma
tion, or a combination o f the two. Some glacitec
tonites are breccias, broken up and displaced along 
fault planes (brittle deformation), whereas others are 
folded by pervasive ductile deformation (Fig. 10.9). 
The most complex deformation structures tend to 
occur in inhomogeneous materials with widely 
varying strengths, such as interbedded gravels, 
sands, silts and clays. In such cases, the fine-grained 
units can be highly deformed, with complex elon
gated folds, whereas coarse-grained units (e.g. sands 
or gravels) commonly form relatively undeformed 
pods or lenses (e.g. Berthelsen, 1979; Hart and 
Roberts, 1994; Benn and Evans, 1996). This reflects 
variations in strain response to stress, primarily due 
to contrasts in sediment frictional strength and per
meability (Section 5.6). Pods o f stiff sediment com
monly have streamlined forms, recording erosion 
and deformation of their edges during shear within 
more rapidly deforming material, and are analogous

to augen and bouclins in metamorphic rock' 
(Fig. 10.9). Glacitectonites that have undergone 
high shear strains sometimes exhibit a distinctive 
subhorizontal banding (sometimes called barnii 
or laminated tills). Individual bands are commoni\ 
lithologically distinct, and represent different г с к 
and sediment types that have been highly attenu
ated but not mixed during strain. Figure i 1 
(Plate 20) shows a middle Pleistocene exainr ; 
from the English Midlands in which band'. : p-_r; 
chalk fragments alternate with bands deri\:-j :: 
limestones and mudrocks. Bands tend t< be 
around pebbles and other stiff inclusion'. -
from deflection o f the deforming mater:..' 5_- 
glacitectonites with scattered pebble' 
mistaken for laminated glacilacustrine and s b c iB *  
rine deposits with dropstones. but be 
guished by the presence o f lithole r _ 
asymmetric folds around pebbles, and ^::e- 
folds among the banding (Hart anJ R> 193 .
Banded glacitectonites can alst be : г
other types o f deposit, such a-- debr> ; :
N. Eyles, 1994) and melt-ou: : - . . m 
1982).

Pebble fabrics in glacitectoni:e' . _ - lo a  ш  ж - 
mary fabric o f the paren: in..:. J ■йуйвш!
strain history, depending r. ~ - ’
or zones o f intense shear, pe-bc . n-imev a c  ж * 
monly closely pan.'', : : ait i
isotropy) and show г.; гг; ervst т е ш и »  я >  
allel to slacier • . • а я е д м  тПвкгше
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strongly constrained shear in narrow zones bounded 
by stiffer m aterial (Fig. 10.11).

Vertical sequences in glacitectonites com m only 
display increasing deform ation upsection, as the 
result of patterns o f strain in the subglacial deform 
ing layer (Banham, 1977; Pedersen, 1989; Benn and 
Evans, 1996; Sections 4.4.2 and 5.6). An idealized 
full sequence m ight consist (from the base up) of: (a) 
undisturbed bedrock or sediment; (b) glacitectonite 
w ith m ildly distorted prim ary structures; (c) glacitec
tonite with widespread, penetrative shear structures; 
and (d) deform ation till. This sequence reflects the 
fact that overburden pressures, and hence sediment 
frictional strength, decrease upwards, so that the 
most intense deform ation and the highest cumulative 
strains will be found at the top o f the sequence (Boul
ton and Hindm arsh, 1987; Alley, 1989; Hart et al., 
1990). It should be em phasized, however, that verti
cal patterns o f deform ation will also vary w ith sedi
ment grain size, consolidation and other properties 
(Fig. 10.12).

10.3.4 D eform ation till

Deform ation till can be defined as rock or sedim ent 
that has been disaggregated and com pletely or 
largely hom ogenized by shearing in a subglacial 
deform ing layer. M any synonyms have been pro
posed, including deformed till, soft-bed till, deform
ing bed till, shear till and endiamict glacitectonite, 
but all post-date ‘deform ation till’, coined by Elson 
(1961, 1989). E lson’s original definition would also 
include glacitectonite (Section 10.3.3), but we 
believe it is useful to have separate terms. D eform a
tion tills may consist entirely o f local m aterials m obi
lized by glacially applied stresses, but they can also 
contain far-travelled lithologies which have either 
undergone long-distance transport by deform ation or 
m elted out from  glacier ice prior to incorporation in 
the deform ing layer.

The destruction of pre-existing structures under 
very high cum ulative strains makes deform ation tills 
problem atical to identify (Boulton, 1987; H art et al.,
1990). Particular disagreem ent has arisen over the 
interpretation o f massive tills deposited by the Lau- 
rentide ice sheet, and som e researchers have argued 
that they provide evidence for widespread subsole 
deform ation (Boulton and Jones, 1979; Alley, 1991; 
Hicock and D reim anis, 1992a), while others contend 
that they may be m elt-out tills (Clayton et al., 1989; 
M ickelson et al., 1992; Ronnert and M ickelson, 
'.992). D eform ation tills are best identified on the 
~^>is o f  a range o f characteristics, none o f which 
~ia\ be uniquely diagnostic in itself.

3erhaps the clearest evidence for deform ation is
. “ resence o f deformed inclusions, such as

• ‘--v id -o u t or folded pods of sand or soft rock.

Inclusions can behave as passive markers, high
lighting patterns o f strain in the surrounding till, or 
may behave as relatively rigid regions, and exhibit 
pressure shadow effects and boudinage (Berthelsen, 
1979; Hart and Roberts, 1994; Benn and Evans, 
1996). Deform ed inclusions may be particularly

I S O T R O P I C

Fig. 10.11



D  L o w er till

Z<z. "  (A )  Key to  fabric shape diagrams. T h e  f igure is scaled using ratios b e tw e e n  th e  three  eigenvalues (S„ S2, S J  cal-
- : fabric data.  All  fabrics can be represented as points on th e  c o n tin u u m  be tw e e n  isotropic, girdle  and cluster

: —  Benn, 1994a) (B) Fabric shapes for  d e fo rm a tio n  till f ro m  B reidamerkurjokull,  Iceland. (C) Fabric shapes fo r  defor-
~  : ■ '  a - а  glacitectonite f ro m  Loch L o m o n d ,  Scotland. Also sh o w n  are envelopes fo r  fabric data fro m  Ska^afe isjokull:
ж .-.- - cashed line) and lo w er  till (solid line). (D )  Stereoplots a n d rose diagram s of  de fo rm a tio n  t ‘ afcr :cs, Brei-
& * ■ :  . :• .  (From Benn, 1995)
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Breidamerkurjokull

Facies Strain rate

Da

Velocity

Slettmarkbreen

Facies Strain rate Velocity

Loch Lo m o nd

Facies Strain rate Velocity

Sand/
Gravel

Fig. 10.12 Vertical patterns of  cumulative strain in glaci
tectonites and de fo rm a tio n  tills in Iceland, N o r w a y  and 
Scotland. D a, ductile de fo rm a tio n  till; D B, brittle d e fo rm a 
tion  till; G a, penetrative glacitectonite;  G B, no n-pen etrative  
glacitectonite.  (From  Benn and Evans, 1996. Reproduced by 
permission of  Elsevier)

abundant near the base o f till units, where cum ula
tive strains will be lower and the m aterial less 
hom ogenized, and there may be a gradational con
tact w ith underlying glacitectonite (Hart, 1995a; 
Benn and Evans, 1996). In some cases, it is possi
ble to trace inclusions back into glacitectonite or 
undisturbed parent m aterials (e.g. Benn, 1996a). 
However, there is often a sharp, non-gradational 
~ undary betw een till units and underlying glaci- 
■ ■ n.ite. reflecting either vertical rheological 

in the form er subglacial deform ing layer

(b )

Fig. 10.13 (a) D e fo rm a tio n  till at B reidamerkurjokull,  Ice
land, sh o w in g  the massive, d i la tant А -h o rizo n  (above the 
penknife )  and th e  fissile, denser B -horizon  (b e lo w  the 
knife). (P hoto: A .  S n o w ba ll)  (b ) B ould er  p a ve m e n t  at the 
base of  de fo rm a tio n  till, Tierra del Fuego, Chile. (P hoto: D.l. 
Benn)

(Alley, 1989), or two unrelated episodes o f sub
glacial deposition.

The density and structure of deform ation tills vary 
with their strain history. This can be illustrated by the 
two till horizons below Breidam erkurjokull, Iceland, 
that were studied by Boulton et al. (1974), Boulton 
and Hindm arsh (1987) and Benn (1995) (Section 4.4; 
Fig. 10.13). The upper (A) horizon of the till, which 
deform ed by continuous ductile flow while in a dila
tant state, has low shear strength and a porous, bub
bly texture, and is apparently structurally massive. In 
contrast, the lower (B) horizon deform ed much more 
slowly, apparently by brittle or brittle-ductile shear 
along discontinuous shear planes, and has higher 
shear strength, is compact, and has a fissile, platy 
structure. Void ratios for the upper till are 
0 .485-0.650 (mean = 0.585), markedly higher than 
those for the lower till (0.395-0.500, mean = 0.450). 
Ronnert and M ickelson (1992) have warned that high
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:d ratios do not necessarily mean that till has 
ieform ed in a dilatant state; it can also arise from  the 
~;elt-out o f debris-rich ice.

The grain size distribution o f deform ation tills can 
-гу widely. Some distributions simply reflect mix- 
tg  of the parent m aterials, with little or no modifi- 

.-ition by crushing or abrasion (Elson, 1989), 
hereas others show clear evidence for grain fracture 

_rd com m inution during shear (e.g. Boulton et al., 
-9~4; Hooke and Iverson, 1995; Benn, 1995, 1996a). 
The am ount of grain size modification depends on 
ne relative im portance of dilation and grain fracture 
'  the shearing process, which in turn reflects till 
-trength and porew ater pressures (Sections 4.4.2.4 
_r.d 4.4.2.5). D ilatant, low-strength tills can deform 

:th little or no grain-crushing because grains can 
. mb over each other during shear. In contrast, stiff, 

gh-strength tills may deform  mainly by the fracture 
: interlocking grains, leading to distinctive grain 
ize distributions (Hooke and Iverson, 1995). Indi- 
:dual deform ation till units are expected to have 

'- th e r uniform  grain size distributions over large 
-reas, as a result o f thorough m ixing o f m aterials
- rider high cumulative strains (Alley, 1991).

C last and m atrix fabrics also vary with till strain 
~ 'iory. C last а -axis fabrics from dilatant tills are 
nighly variable, and tend to exhibit a wide range of 
;  :  values (high isotropy) and weak to m oderate pre- 
.rred  orientations (low elongation) (Dowdeswell 

_nd Sharp, 1986; Benn, 1994b, 1995; Hart, 1994a). 
The range o f fabric shapes from m odern and inferred 
ncient deform ation tills is very sim ilar to that from 

-;-?ris flow deposits, because the processes of parti - 
. le orientation are sim ilar in dilatant tills and shear- 
tg  debris flows (Fig. 10.11). The preferred 
rrentations o f deform ation till fabrics, however, will 

rend to be fairly spatially consistent, in contrast to the
■ :gh spatial variability o f debris flow fabric maxima. 
F_bric m axim a in dilatant deform ation tills generally 
r^rallel the direction o f shear, although transverse 
“\ i \ im a  also occur (H icock and Dreim anis, 1992a; 
Hurt. 1994a; Benn, 1995; Benn and Evans, 1996). It
- h uld be rem em bered that the direction of shear in a 
- 'g la c ia l deform ing layer is governed by local

'tress gradients, w hich may diverge m arkedly from  
те flow of the overlying ice (Benn, 1994a). The vari- 

_t".iity o f fabric shapes associated with dilatant tills 
bably reflects the low m atrix strength and the con- 

' .  _uent freedom of particles to rotate in any direction 
__'ing shear. Particle а -axes can realign rapidly in 
-r 'p o n se  to transient strains, and may roll or tumble 
f .r  ngh the deform ing matrix. On the foreland o f 
breidam erkurjokull, fabric shape displays pro-
■ unced variations within short distances in the 

. nity o f lodged boulders, reflecting local varia- 
- '  :n form er strain conditions (J.V. Kidd, unpub-

- . ;  i-itai. In contrast, fabrics in fluted m oraines on

the foreland tend to exhibit consistently low isotropy 
and high elongation parallel to the flute axis, reflect
ing the form ation o f the flutes by sedim ent deform a
tion into and along ice-walled grooves in the base of 
the glacier, where strains are likely to have been uni
form and extensional (Boulton, 1976; Benn, 1995; 
Benn and Evans, 1996).

Fabrics from tills that have undergone brittle 
deform ation, such as the lower till from  Brei
dam erkurjokull, are sim ilar to lodgem ent till fabrics, 
with low isotropy and moderate to high elongation 
parallel to the direction o f shear (Fig. 10.11; Hart, 
1994a; Benn, 1994a, 1995; Benn and Evans, 1996). 
This is because particle rotation will be strongly con
strained by the stiff till matrix, and orientation m ech
anisms will consequently be sim ilar to those that 
operate at the ice-till interface.

H art (1994a, 1995a) has argued that there is an 
inverse relationship between fabric ‘strength’ (i.e. SI 
values) and deform ing layer thickness. D ata from  the 
upper till horizon at Breidam erkurjokull, however, 
show that this relationship is not consistent, and fab
ric organization can vary widely within a single 
deform ing layer of relatively uniform thickness 
(Benn, 1995, Benn and Evans, 1996). We would 
emphasize, therefore, the value o f interpreting fabric 
characteristics in terms of strain type, rather than 
deform ing layer thickness.

D eform ation tills exhibit a wide variety of 
m icrostructures and fabrics, depending on granulom 
etry and strain history (Owen and Derbyshire, 1988; 
M enzies and M altm an ,-1992; van der Meer, 1993; 
Owen, 1994). Faulting or folding may be easily rec
ognizable w here they affect sorted sedim ents, such as 
lam inated silts and clays (e.g. van der Meer, 1993), 
but form er deform ation of diam ictons can also be 
identified from  more subtle features. Structures 
indicative o f small-scale brittle deform ation include 
discrete m icroshears (particularly in clay-rich sedi
m ents), brecciation, boudins or augen, and crushed 
quartz grains (Owen and Derbyshire, 1988; M enzies 
and M altm an, 1992; van der Meer, 1993). Pervasive 
deform ation is recorded by various features indicat
ing rotation of particles or particle aggregates, such 
as the rounded sedim ent ‘pebbles’ described by van 
der M eer (1993). Van der M eer has suggested that 
there may be an upward transition between 
m icrostructures recording brittle deformatior. ^nc 
those typical o f pervasive deform ation, reflect 
vertical patterns o f till deform ation (B oulter 
Hindm arsh, 1987; Alley, 1989). This r a i 'e ' the - . 
esting possibility that macro- and micr _*e 
and fabrics can be used in conjunction t . - • - 
till strain history.

D istinctive particle shapes may e _ 
within deform ing subsole sedim ent' r r 
stresses and inter-particle с-тг_.-
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enough to cause w ear (Figs. 5 .36-5 .38; Section
5.7.3). Double stoss-and-lee forms reflect abrasion at 
the lower leading and upper trailing edges, and frac
ture at the lower trailing and upper leading edges as 
till deforms around clasts (Benn, 1996; Benn and 
Evans, 1995). Clasts can also develop flat, polished 
facets on their upper and lower surfaces, parallel to 
the plane o f shear. The developm ent of double stoss- 
and-lee forms and facets implies that the clasts have 
a quasi-stable attitude in the deform ing till. W here 
lodged clasts are overridden by deform ing till, the 
upper surfaces can becom e polished and striated, 
with little or no wear occurring in other parts o f the 
clasts (M acClintock and Dreim anis, 1964; Clark, 
1991a). In weak, dilatant tills deform ing under low 
shear stresses, inter-particle contact forces are liable 
to be low, and particle shapes in the resulting deposit 
will be inherited from  earlier episodes of erosion, 
transport and deposition. In such cases, polished 
facets and stoss-and-lee forms will bear little or no 
relation to the direction o f shear (Benn, 1995; Benn 
and Evans, 1996).

Hicock (1991), Clark (1991a) and Boulton (1996a) 
have argued that some boulder pavements -  horizons 
of clasts one or more particles thick -  at the base of 
massive till units may be evidence for form er sub
glacial deform ing layers. Clark (1991a) suggested 
that large clasts in a weak deform ing layer will sink 
down through the till to a level where the m atrix is 
strong enough to support their weight, explaining the 
concentration o f large clasts at a single level (Fig. 
10.13b). This proposed m echanism  is analogous to 
the well-known tendency for large clasts in debris 
flows to sink to the bottom (Section 10.5.5). Boulton 
(1996a) has argued that sub-till boulder pavements are 
form ed during excavational deform ation at the base of 
a deform ing layer. A ccording to this model, dow n
ward m ovem ent o f the base o f a deform ing layer into 
an older till unit will result in the preferential m obi
lization of fine material and the accum ulation of large 
particles which resist entrainm ent. The Boulton 
model therefore predicts that the boulders in sub-till 
pavements will be lithologically sim ilar to those in the 
underlying sedim ents, whereas C lark’s model pre
dicts that they should be sim ilar to those rem aining in 
the overlying till. Clast pavements can, however, form 
by other m echanisms, and are not uniquely diagnostic 
o f deform ation tills (Section 10.7). Careful study of 
clast fabric in the pavements, and the relationship 
between the pavem ent and the overlying till, may be 
necessary to establish the origin (Hicock, 1991).

Comminution till is a distinctive type o f till formed 
by subglacial deform ation, first recognized by Elson 

’.961. 1989). These tills have very high density and 
'h e a r  strength, and are com posed of crushed and 
~ ■ Jered local bedrock with a grain size distribution
• :’ -lT to that produced in industrial crushing and

grinding. They are thought to form  during progres
sive crushing and abrasion in a subglacial deforming 
layer, leading to a reduction of void space and an 
increase in frictional strength. The till is deposited 
when its strength exceeds the driving stress. Elson 
illustrated this idea with the analogy of using abra
sives to grind glass lenses and mirrors. As finer and 
finer abrasives are used in the grinding process, more 
and more water needs to be added to m aintain void 
space and lubricate the working surface, owing to the 
increasing surface area of the abrasive and powdered 
glass. If insufficient water is added, the tool and mir
ror can suddenly stick together, and can be difficult 
to separate without breakage. If this type of process 
occurs beneath glaciers, it is m ost likely to be under 
well-drained conditions w here basal shear stresses 
are high, such as under steep, slow-m oving glaciers 
with surface profiles governed by the flow of ice 
rather than weak, deform ing beds. Warren (1987) has 
described overconsolidated diam ictons from  South
ern Ireland, which he interpreted as subaerial mass 
movement deposits that have been restructured and 
com pacted by overriding ice. Warren proposed the 
new term  diagenetic till to describe this type of 
deposit, but its mode of form ation seems to be 
closely sim ilar to that o f com m inution till.

10.3.5 M e lt -o u t till

M elt-out till is sedim ent released by m elting o f stag
nant or slowly m oving debris-rich glacier ice, an_ 
directly deposited w ithout subsequent transport o: 
deformation. It can be deposited as (a) subglciciu 
melt-out till by bottom m elting of debris-rich ice at th_ 
base o f a stagnant glacier or a stagnant zone beneath 
an active glacier; or (b) supraglacial melt-out till b> 
top m elting of glacier ice, often beneath a cover o: 
debris (Boulton, 1971; D reim anis, 1989). There have 
been very few studies of tills in m odern environments 
w here till genesis by m elt-out can be clearly dem on
strated, and many o f the proposed characteristics or 
m elt-out tills have been inferred from  the geologica' 
record (e.g. Haldorsen and Shaw, 1982). Interpreta
tions of ancient tills are often controversial, however 
and diagnostic criteria based on geological evidence 
alone are not accepted by all researchers. The mosr 
detailed study of m odern m elt-out tills is by Lawson 
(1979a, b), who com pared the characteristics o f glac
ier ice and associated deposits at the margin : 
M atanuska Glacier, Alaska. Im portant observation - 
have also been made in Svalbard by Boulton (1971 _ 
b, 1971) and at the margin o f Burroughs Glacier 
Alaska, by M ickelson (1973, 1986), Ronnert ar_ 
M ickelson (1992), and Ham and M ickelson (1994 1.

The properties of m elt-out tills are derived prim ar
ily from the ice source, but are usually modified r 
som e extent by depositional and postdepositior



processes. Modification will generally be greatest 
where the parent ice has a low debris content, and 
where water produced during melting cannot drain 
freely away. Poor drainage conditions lead to ele
vated porewater pressures in the till, increasing the 
likelihood o f deformation and reworking (Boulton, 
1971; Paul and Eyles, 1990). Preservation of primary 
characteristics is also dependent on the local deposi- 
tional slope, and failure and remobilization o f the till 
can occur on slopes as low as 3° i f  drainage is poor 
(Paul and Eyles, 1990).

Melt-out tills may inherit foliation from the parent 
ice, including discontinuous layers and lenses, tex
tural and compositional banding, and flow structures 
(Lawson, 1979a, b). The dip o f the foliation will be 
less than that in the ice source, because of the volume 
reduction and compaction consequent on ice melting 
and dewatering (Fig. 10.14; Boulton, 1971). Possible 
Pleistocene examples o f foliated melt-out tills have 
been described by Shaw (1979, 1982, 1983b), 
although these examples appear to be very similar to 
glacitectonites and deformation tills, and the folia
tion could have originated in subglacial deforming 
layers rather than in debris-rich ice. Indeed, it may be 
very difficult in some cases to distinguish between 
these two origins without very detailed study. Some 
melt-out tills are structureless and massive, and lack 
any visible foliation (Lawson, 1979a).

The granulometry and particle morphology of 
melt-out tills are inherited from the parent ice, and 
may be characteristic o f either active or passive 
transport. Melt-out tills can be texturally identical to 
the parent debris-rich ice, but can show a relative 
depletion o f fine material, owing to leaching by 
escaping porewater (Lawson, 1979a). Skins o f silt 
and clay on the upper surfaces o f clasts provide evi
dence for this process (Lundqvist, 1989b). Accord
ing to Haldorsen (1981, 1983), melt-out till is 
generally coarser and contains more angular mater
ial than lodgement till in the same area. Subglacial 
melt-out tills may contain high percentages o f edge- 
rounded and striated clasts indicative o f wear during 
shear, but should not display consistently oriented 
stoss-and-lee clasts, which develop during lodge
ment and ploughing beneath moving ice.

The porosity o f freshly deposited till is variable. 
Lawson (1979a) found that supraglacial melt-out till 
on Matanuska Glacier was loose and had high poros
ity, whereas subglacial melt-out till was much more 
compact. In contrast, Ronnert and Mickelson (1992) 
described fresh subglacial melt-out till with high 
porosity. The main controls on porosity are the debris 
concentration in the parent ice, effective overburden 
pressures and drainage conditions.

Pebble а-axis fabrics will reflect the original 
englacial fabrics, but with some overprinting during 
dewatering and consolidation (Boulton, 1970b; Law

son, 1979a, b). Englacial fabrics often r._ - - -£ 
preferred orientations parallel to the dire-.: ' : 
shear, because o f the rotation of clasts b\ the - 
rounding deforming ice (Fig. 10.15: Glen t ; 
1957; Lawson, 1979a; Ham and Mickelson. ; -  
Preferred orientations o f pebbles in ice are  ̂
monly parallel to ice How directions, but mu\ 
transverse in zones o f compressive flow (Bcuk 
1970a). Melt-out till fabrics collected by Law- ". 
(1979a, b) faithfully reflect former ice flow direc
tions, unlike those o f glacigenic debris flow dep. 
in the same area (Fig. 10.16). The melt-out till fab
rics, however, display a reduction in dip values and 
an increase in dispersion relative to englacial fabrics. 
Compaction during the melt-out process reduces the 
range o f dip values and ‘flattens’ the fabric, reducing 
its isotropy, and clast interactions during settling 
weaken the preferred orientation, reducing the elon
gation (Fig. 10.15; Lawson, 1979a, b; Benn, 1994b . 
Fabric elongation, however, remains higher than that 
typically associated with lodgement tills or ‘brittle' 
deformation tills.

Lawson’s data-set has been widely used as a refer
ence for the interpretation o f ancient tills. However, 
the data-set is small and from a single location, so it 
would be unwise to assume that all melt-out tills will 
share the same fabric characteristics.

10.3.6 Intermediate varieties of 
subglacial till
The properties o f many subglacial tills suggest that 
they have complex histories, involving various com
binations and cycles o f lodgement, deformation and 
melt-out. Examples include till complexes formed 
by all three processes at Bradtville, Ontario 
(Dreimanis et a i, 1986; Hicock, 1990); and hybrid 
lodgement and deformation tills described by Hic
ock and Dreimanis (1992b) and Berm (1994a . The 
difficulty o f reconstructing till history is illu>tr_:. _ 
by Ham and Mickelson (1994), who described sub- 
glacial tills exposed by recent retreat o f Burr ug: - 
Glacier, Alaska. The tills are known to have beer 
frozen into the glacier sole, and to have subse
quently melted out. Some characteristics o f the :i 
however, indicate that it is not a simple me/.- :ill 
First, slickensidcd shear surfaces are pre-sf-t 
throughout, particularly in the uppem.> -t 0.5 - 
which has a pronounced subhorizontal :> » . 
ture, possibly indicative o f subsole de: -  
Second, stoss-and-lee boulders and lee-vdc ~ . » 
are common at the upper surface o f the 1. .^lin
ing modification of the till below s’ и  TT nL 
fabric shape shows a broad scatter • - « . . .  
elongation values, overlapping v -с 
with debris-rich ice. lo d g e r ';"  - s  c£ о »  
tion tills. These character>: r u  як til
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may have undergone several cycles of erosion, 
transport and deposition beneath the glacier, involv
ing repeated m elt-out and freezing.

Benn (1994a, 1995) and Benn and Evans (1996) 
have described tills from  the forelands of 
Slettm arkbreen, Norway, and Breidam erkurjokull. 
Iceland, w hich apparently form ed by a com bination 
o f subsole deform ation and lodgement. At both 
sites, large boulders on the surface of the till com 
m only exhibit stoss-lee  forms with a consistent ori
entation of plucked lee faces in the downglacier 
direction, indicative o f lodgem ent at the ice—till 
interface. However, the frequency of stoss-lee 
clasts and of downglacier-facing lee faces decreases
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with clast size, and many of the smaller clasts 
show evidence o f remobilization in a thin sub
glacial deforming layer following deposition (Fig. 
10.17). The tendency for large boulders to lodge 
while finer material forms a mobile bed is thought 
to reflect two main factors: (a) large boulders w ill 
tend to lodge most readily because the drag 
between clasts and the bed is directly proportional 
to their buoyant weight (Hallet, 1979a); and (b) 
larger clasts w ill be more likely to ‘bridge’ across 
the deforming layer and lodge against the rigid 
substrate, while smaller material can be carried 
along within the till. The tills from Slettmarkbreen 
and Breidamerkurjokull can therefore be regarded 
as hybrid lodgement and deformation tills, the rel
ative importance of lodgement and deformation 
varying with clast size.

ISOTROPIC

•  D eb r is - r ic h  ice  
о M e l t - o u t  ti l l

Fig. 10.15 Melt-out till fabrics. (Data from Lawson, 1979b)

10.3.7 Sublimation till

Sublimation till is defined as sediment re le ^ 'ij 
sublimation of glacier ice, and directly deposited 
without subsequent transport. It is therefore cl 
related to melt-out till, except that ice is lost b> >ui> 
limation, or the direct transformation o f ice : 
vapour, rather than melting (Bell, 1966: Shi.'.. 
1977a, 1989). Sublimation without associated me:.- 
ing is a form of freeze-drying, and requires very coid. 
arid conditions, such as those currently experience.; 
in Antarctica. The formation of sublimation till 
requires contact with the atmosphere (possibh 
through pore spaces), but may be derived from 
supraglacial, englacial or subglacial debri' 
sequences.

The process of sublimation is extremely slow and 
gentle, and very delicate englacial structures can be 
inherited from the parent ice, including foliation, 
augen, laminae bent round clasts, and attenuated 
folds (Fig. 10.18; Shaw, 1977a; Lundqvist, 1989Ы. 
In studies of modern sublimation tills in the Dry Val
leys region, Antarctica, Shaw (1977a, c) described 
massive facies grading upwards into foliated facies. a 
transition that he attributed to strain patterns in the 
basal layers of the ice. The slow loss of interstitial ice 
means that sublimation t ill can be extremely loosely 
packed, and liable to collapse at the slightest touch 
(Lundqvist, 1989b). I f  wetted, it tends to flow read
ily. Such tills w ill therefore have very low preserva
tion potential.

Grain size, particle morphology and fabrics in sub
limation tills w ill be closely similar to those in the 
parent ice. Leaching of fines should not occur during 
deposition, reflected by the absence of silt skins on 
the upper surfaces of clasts (Lundqvist, 1989b). Fab
rics should faithfully preserve original englacial fab
rics, although minor modification may occur during 
settling. A  rose diagram presented by Lundqvist 
(1989b) showed strong preferred clast orientation- 
parallel to the former ice flow direction.

Ice flow direction
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Cobbles (30-125mrm)
Fig. 10.17 Fabric data f r o m  th e  tills 
in the foreland of Slettm arkbreen, 
Norw ay.  For th e  pole to  facet data 
(F, I)/ facets on th e  up p e r  surfaces of 
clasts (solid circles) are plotted on 
u p p e r  hem isphere equal-area nets, 
w hi le  facets on th e  lo w er  surfaces 
(op en circles) are plotted on standard 
lo w er  hem isphere equal-area nets. 

(F rom  Benn, 1994a. Reprinted by per
mission of Blackwell)

Fig. 10.18 Debris-rich glacier ice passing vertically upw ards 
into sublim ation till, Vega Island, Antarctic  Peninsula. 
(P hoto: S. Rubulis)

10.3.8 Tills and magnetism

As in any other sediment, the individual silt-sized 
grains that m ake up till may be aligned with the 
Earth’s m agnetic field as they are deposited. This 
palaeomagnetism  is assessed in many Quaternary 
stratigraphic studies and is discussed in detail by 
Svapavsky and Gravenor (1984), Thom pson and 
Oldfield (1986) and Oldfield (1991). Subaqueous 

d -nents. such as those that are produced in

glacilacustrine and glacim arine settings, are 
deposited in low-stress environments, and so their 
tendency to align them selves with E arth’s magnetic 
field is unhindered. This results in high degrees of 
natural remanent magnetism. In contrast, magnetic 
particles in subglacial deposits are more likely to 
be aligned parallel to the direction o f shear, and 
com m only show close agreem ent with clast fabric 
orientations (Fuller, 1964; Owens, 1974; Boulton. 
1976).

The bulk magnetic susceptibility of tills, or the abil
ity of a sam ple to becom e m agnetized, also has been 
employed to differentiate them in chronostratigraphic 
sequences and to determ ine ice flow directions 
(Gravenor and Stupavsky, 1974; Puranen, 1977; Day 
and M orris, 1982; Chernicof, 1983). Because the sus
ceptibility o f a till is related to the concentration of 
m agnetic minerals, its bedrock source can often be 
pinpointed on the basis o f procedures sim ilar to those 
o f till geochemistry. For example, susceptibility will 
drop off in a down-ice direction from a source outcrop 
such as a lead zinc or sulphide ore body. The use of 
mineral m agnetic assem blages of glacial diamictons 
is a potentially powerful tool for differentiating multi
ple depositional and palaeo-ice flow events, provided
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■trrr'.e grain size is carefully considered. M agnetic 
p  - eters can be strongly related to particle size, and 
5 c  - _ri ability in a bulk sample will therefore reflect 
s \  - :ze rather than sedim ent provenance (Oldfield 
Шml. 1985). The m ineral m agnetic assem blages of 

• c  > o f the Isle o f M an have been analysed by
- :rn  etal. (1987, 1992), who have been ab le to d if-  

■b ate the provenance of these sediments and in 
a t.:  isolate provenance differences between 
«  .ca '^ph ically  equivalent till units on the east and 
» : i  coasts of the island. Factor analysis was 
■n - ed by Walden et al. (1992) to dem onstrate the 
a  ._e:e clustering of m ineral m agnetic param eters 
ж . -e 'm all intra-unit variation com pared with inter- 
лпг . „-.ability (Fig. 10.19). The Isle o f M an study and 
i - -г study undertaken on the tills o f the M idland 
l i  . Scotland (Walden etal., 1995) reveal a close 
к  . ent between rem anent m agnetism  and palaeo- 
c r  - •• directions previously reconstructed by clast

: : ' I  19 Results of factor analysis to  sh o w  th e  discrete 
. - g  of mineral m agnetic  parameters fo r  the tills of 

: г  z* M a n .  Variables are: SIRM = saturation isothermal 
m agn etiza tio n;  x = initial lo w-fie ld  mass-specific 

-  : : :  susceptibility; 100m T  = backfield ratio (4 -5  and 
: = particle size). Orr isdale till matrix samples from  
: : - =  sites plot as discrete clusters (e.g.  samples fro m  

: S and 11 are contained in shaded areas), illustrating 
~ - : ' = - u n i t  variation is less w it h in  sites th a n  be tw e e n  

’.’ edified fro m  W a ld e n  et al., 1992)

fabric analysis, till petrology and ice flow lineatior. 
mapping.

The techniques involved in the mineral magnetic 
analyses o f glacial sedim ents, particularly tills, are 
described by W alden et al. (1992). References to 
general applications of mineral m agnetics are found 
therein and are further reviewed in Thom pson and 
Oldfield (1986).

10.4 FLUVIAL DEPOSITS

10.4.1 Term in o lo g y  and classification

Sediments deposited from  flowing water are com 
m on in many glacial environments because o f the 
seasonal abundance of meltwater. Fluvial facies can 
be deposited in subglacial and englacial conduits, in 
supraglacial and proglacial streams, and near sub
aqueous m eltwater portals, and are therefore im por
tant consituents of m any subglacial, ice-marginal, 
proglacial and subaqueous sedim ent-landform  asso
ciations. Individual lithofacies reflect local sediment 
supply and water flow conditions rather than the 
position o f deposition, so that some facies may be 
deposited in all the above environm ent types. In each 
environm ent, however, facies occur in different com 
binations, form ing distinctive vertical successions 
and architectural elem ents that reflect larger-scale 
channel patterns and their change through time.

In fluvial systems, it is possible to recognize a 
hierarchy of depositional units, representing the stor
age o f sediment at different scales (Jackson, 1975; 
Ashley, 1990; M iall, 1992). At the sm allest scale, 
sediment is deposited in bedforms such as ripples and 
dunes on channel floors. These bedform s are repeti
tive, mobile structures that migrate downcurrent in 
response to the erosion of sedim ent from their 
upstream faces (where shear stresses are highest) and 
the deposition of sedim ent on their lee faces (where 
shear stresses are low). The form, wavelength and 
height (am plitude) o f bedform s reflect specific com 
binations o f sedim ent grain size and flow velocity, as 
shown in phase diagrams based on flume experi
ments (Fig. 3.37; Section 3.8.3). The smallest bed- 
forms (ripples) reflect flow conditions very clo-e : 
the bed, in the viscous sublayer, and are classed -  
microforms, whereas the larger bedform s dune ' 
reflect conditions in the outer part of the b 
layer o f the flow, and are term ed mesofor»:> 
son, 1975; A llen, 1982a, 1985). M icroform s can be 
superposed on the upstream faces o f rr.e - : :— - ! re
turn, bedform s occur within larger der 
such as longitudinal and bank-attac:.L_ 
forms), and channel fills. These units respond to  large- 
scale flow patterns and long-tenr. ** _ .. '_ r :n e . and 
tend to be active only during pea?. • „rgev At yet
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larger scales, macroform s and channel fills are nested 
within channel systems, valley fills and basin fills 
(M iall, 1991, 1992).

Fluvial sediments are characterized by stratifica
tion and other sedim entary structures at several 
scales, which record the migration and accretion of 
bedform s and larger depositional units (Allen, 1983; 
M iall, 1985a, 1991, 1992). In the following sections, 
we describe genetic facies form ed by the accretion 
and m igration o f bedform s below flowing water. We 
also consider facies form ed by settling of suspended 
particles from  portions o f flows that have come to a 
halt, and facies deposited from hyperconcentrated 
flows, or sedim ent-w ater m ixtures that are transi
tional betw een fluvial flows and debris flows. The 
ways in which genetic facies com bine in larger units 
(architectural elements) representing channel fills 
and bar forms are discussed in Section 11.5.1.2.

10.4.2 Plane bed deposits

N et deposition of sedim ent on flat, sandy stream beds 
produces beds of horizontally bedded or lam inated 
sand, with the lam inae recording m inor fluctuations 
in flow velocity or sedim ent supply. Lam ination can 
be strong or faint, depending on depositional condi
tions (Fig. 10.20). Grain size tends to be very fine to 
coarse sand (0 .0625-1.00 mm). For units deposited 
under upper flow regim e conditions (Section 3.8.3), 
bedding planes display thin, linear grooves and 
ridges aligned parallel to the form er flow direction, 
called parting lineation. This lineation forms in 
response to instabilities in the boundary layer of the 
water flow (Allen, 1982a, 1985), and is often 
observed in sandstones that split along bedding 
planes. It is much harder to detect in unlithified Q ua
ternary sediments.

Sedim entation on plane beds under the lower flow 
regim e also results in horizontally bedded and lam i
nated sands. In this case the sand tends to be coarse

fig.  10.20 Horizo ntal ly  bedde d sand facies containing ero- 
: :~ a  scours, Drumheller,  A lb erta,  Canada. (Photo: D.J .A.

to very coarse (0 .8-2 .00 mm), and parting line_ 'vn  
is absent.

10.4.3 Ripple cross-laminated facies

Sand facies deposited by the m igration and \ r -  
cal accretion o f current ripples (Section 3.8.3) d -  
play distinctive internal structures called ripr t  
cross-lamination, the form of which depends on r e  
balance between dow ncurrent m igration and suspe- 
sion sedim entation during ripple form ation (Joplirj: 
and Walker, 1968; Allen, 1970, 1985; Ashley et и _ 
1982). Three basic types of cross-lam ination can 
recognized (Jopling and Walker, 1968; Allen, 19“ ?

Type A develops when more sedim ent is erode, 
from  the stoss sides during ripple migration thar. 
added from  suspension. Successive lee-side position - 
o f the ripples are preserved as cross-lam inae that dir 
down-current, but the stoss positions are not pre
served, because o f net erosion. Instead, individu^ 
sets o f  lee-side lam inae are separated by diachronou- 
erosion surfaces that dip upcurrent (Fig. 10.21). The 
angle o f climb o f these surfaces is variable, anc 
reflects the net am ount o f deposition from  suspen
sion averaged over the entire bedform. There are t\v 
lim iting cases for Type A cross-lam ination, based or. 
the angle o f climb. In the first case, the angle o f climb 
is zero relative to the base of the bedform , recording 
ripple developm ent by migration only, with no addi
tion o f sedim ent from suspension. The ripples form 
isolated sets sometimes known as starved ripples. In 
the second case, the angle o f climb is identical to the 
angle of the original stoss faces, recording an exact 
balance between deposition from suspension and 
erosion on the stoss face o f the bedform. This type is 
also known as critical cross-lamination (Allen, 1985).

Type В cross-lam ination displays successive stoss 
face positions as well as the lee face positions, and 
records net deposition from suspension over the 
w hole bedform  (Fig. 10.21). N et deposition is still 
highest on the lee faces, however, owing to the redis
tribution o f sedim ent by the water current. The angle 
o f climb is now greater than the slope angle of the 
stoss faces, and is defined as the angle between suc
cessive ripple crest positions.

Type S, also known as sinusoidal cross-lamination 
or draped lamination, is characterized by only small 
variations in thickness between stoss-side and lee- 
side laminae, and a very steep angle o f climb 
(60°-90°). Ripple profiles are only weakly asym m et
ric or symmetrical. This type o f cross-lam ination 
records small or no ripple m igration (i.e. weak or 
zero current flow) and a dom inance o f suspension 
sedimentation.

Vertical gradations between two or more o f  these 
ripple types are often observed in sandy fluvial 
and glacilacustrine sediments, recording temporal
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гг —ig es  in current flow and suspended sedim entation
- - . Upward transitions from A -B -S , A-В  and B -S  

. -  . haracterized by an upw ard increase in the angle 
r ./.m b  paralleled by a decrease in m ean sediment 

s. and are form ed during waning flows and an
■ .- r is e  in deposition from  suspension. Upward tran- 

a ns from S -B -A , S -B  or В A have a decreasing 
-* o f climb and an increase in mean sedim ent size, 
л  _ record rising flows and a decrease in the impor- 
- ‘ . r  of suspension sedimentation. Excellent exam- 

different types o f transition are illustrated by 
h  с ng and W alker (1968) and A shley et al. (1982).

Trough cross-bedded gravels and sands form by 
the migration of three-dim ensional dunes or two- 
dim ensional dunes with scalloped lee faces (M iall, 
1977; Ashley, 1990). The cross-beds have curved 
surfaces, concave up and concave downstream, 
reflecting deposition in lee-side hollows. The m axi
m um  dip of cross-beds may reach 30°. Sets typically 
range from  0.2 m  to 3 m  in thickness for gravels and 
0.05 m to 0.6 m  for sands (M iall, 1977). Trough 
cross-bedding may occur in solitary scoops eroded 
into other facies, or form cosets (m ultiple sets) of 
cross-cutting units called festoon cross-bedding.

C ross-lam inae formed by ripples w ith significant 
am ount of c lim b .

’ 0.4.4 Dunes

_ and gravel facies produced by m igration and 
: ~ ; j.1 accretion of dunes (Section 3.8.3) have a 

---edded internal structure, resem bling large- 
: ripple cross-lam ination. Two basic types are 

к .  rr.ized, although m ore detailed classification 
-- ■ .- .e s  are used in detailed sedim entological stud- 

Allen, 1963, 1982a).
- nar cross-bedded gravels and sands originate

■ * л е  migration of transverse, two-dim ensional 
. . _ - v. ith approxim ately planar lee surfaces. The 

Ф . o e s s  o f sets gives a m inim um  height for the orig- 
r t . -edform, and generally ranges between 0.25 m 

- n o r  more for gravels and from  0.05 to at least 
' ~ : T sands (typically less than 1 m; M iall, 1977). 

. -.-ickness of lee-side beds may be as much as
- ~ :n larger gravel sets, recording a considerable 

. ~ _ n t  of sedim ent transport over the original dune
■ _:e. Planar cross-bedded gravels and sands can 

: rm by the growth of small deltas from  bars into 
.... ‘  . nannels, but this is thought to be rare.

C urrent

Cross-lam inae formed by ripples with no or very 
little c lim b .

C lim b in g  ripple lam inae form ed by ripples 
w ith large am ount of c lim b .

(b )

Fig. 10.21 Rippled sand facies: (a) illustrating :  - g  
relationships, Drumheller,  Alberta,  Canada (P hctc :  3 . . .A .  
Evans); (b ) the produ ctio n  of cross-laminated r c c  ез sands 
and their  relationship w it h  rates of  bedfonm d i m b in g .  
(From Fritz and M o o re ,  1988. Reproduces b> r -s—  ssion of 
John W ile y  & Sons)
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Planar and trough cross-beds can be cross-cut by 
low-angle erosion surfaces called reactivation sur
faces  (Fig. 10.22; Boothroyd and Ashley, 1975; 
Collinson, 1986). These surfaces, which may be p la
nar, curved or irregular, record reworking o f dune 
slipfaces, often during lower stages o f flow. Renewed 
cross-bed deposition above the reactivation surface 
indicates a re-establishm ent o f downcurrent dune 
migration.

M easurem ent of the direction of dip o f cross-beds 
in planar and trough cross-bedded gravels and sands 
is a useful indicator o f palaeoflows. It should be 
rem em bered, however, that in braided or m eandering 
rivers, bedform s migrate at a variety o f angles to the 
m ain trend o f the river, and that reconstructions 
based on a few m easurem ents may give a m isleading 
view o f form er river flow directions. Large samples 
typically show a broad scatter o f palaeoflow direc

(b )( ii )

Fig. 10.22 Sand a n d gravel cross-bedding: (a) a complex 
sequence of  cross-bedded sands and gravels in glacifluvial 
outw ash,  A lb erta,  Canada (Photo: D.J.A. Evans); (b ) block 
diagrams sh o w in g  (i) p lanar and (ii) t r o u g h  cross-bedding. 
Bold lines d e n o te  reactivation surfaces. (F ro m  Reinick and 
Singh, 1980. R eproduced by permission of Springer-Verlag)

tions, the centre of which gives a good indication of 
the general direction of flow.

10.4.5 A ntidunes
Sedim ent facies deposited by the m igration of 
antidunes can form foresets or backsets, depending 
on the direction o f bedform  m igration (Allen, 1982a, 
1985; Rust and Gibling, 1990). Backsets typically 
dip upstream  at a shallow angle, and provide the 
clearest diagnostic feature o f antidunes. Additionally, 
downstream -dipping surfaces may have sm aller bed
forms superim posed upon them, a situation which 
cannot occur on dunes.

10.4.6 Scour and m ino r channel fills

Scours are overdeepened parts o f river beds related to 
disturbances o f the current around dunes or other 
obstructions. They are elongate parallel to flow, typ
ically asym m etric transverse to flow, and may be up 
to 0.45 m deep and 3 m wide (Miall, 1977). The sub
sequent infilling o f scours with sand, gravel or peb
bly sands produces cross-bedded facies sim ilar in 
some respects to trough cross-beds form ed by dune 
migration. However, scour fills show more internal 
variation, and sometimes display m inor sedim entary 
structures such as ripple cross-lam ination and parting 
lineation on bedding planes, indicating that the infill
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: с-- not consist o f lee-side slipfaces. Scour erosion
- ■ i  infill may be quite widely separated in time,

>.e the developm ent of erosional and depositional 
. ra c e s  in festoon cross-bedding.

" 0.4.7 Gravel sheets

•-■■el sheets form  by clast-by-clast accretion on
■ -relief parts o f river beds, such as longitudinal

bank-attached bars (Hein and Walker, 1977;
V - 1977; Collinson, 1986). Sedim ent movement
- _ deposition are strongly episodic, occurring dur-

rloods and subsequent waning flows; between 
‘ as. gravel sheets are com m only exposed above 
>■ level. Typical dim ensions for individual depo- 

nal units range up to 1 m  in thickness and tens 
.indreds of metres in lateral extent, 

trav e l sheets consist of massive to crudely bed- 
ird  clast-supported gravels (Fig. 10.23; Miall,

. The clast-supported fram ework reflects 
-•-:r.-by-grain deposition from bedload. D uring this
- ■ cess, fine gravel particles can becom e trapped in 

. o a c e s  between large clasts, resulting in a poorly 
~ed deposit, although crude horizontal stratifica-

_■ ". can develop during fluctuating flows. Clusters 
r ^rge clasts som etim es occur, as a result o f the 
■-"ring of clasts upstream o f obstructions, in a 

: ■ cess sim ilar to the developm ent of clast clusters 
Jgem ent tills (Brayshaw, 1984). C last accumu- 
n in gravel sheets can result in fining-up units 

. :hs deposit builds to shallower water levels, but 

. -- 'en ing-up  units can also occur as the result of
- "stream  bar m igration (M iall, 1985a). Gravel
■ _eis can be openwork, but fine m atrix com m only 
. .  -pies the spaces between clasts, owing to filtering

Л -and or silt into the fram ework following deposi- 
r.. C last fabrics typically show upstream  imbrica- 
". o f  a-b  planes, and a preferred orientation of

- g .  10.23 Gravel sheets in Late Devensian glacial outwash, 
-iz<~ord, south-east England.  Note th e  intact m a m m o th  

ng fro m  th e  gravels to  the r ight  of th e  trow el,  
=— r r  ~ z zz =^ort travel distances. (Photo: D.J.A. Evans)

a-axes transverse to flow (Rust, 1972a. 19~5: 
Boothroyd and Ashley, 1975; Hein, 1984). This fabric 
represents the m ost stable alignm ent of pebb le ' 
beneath flowing water, m axim izing the strength o f 
the bed and m inim izing the stress im posed by the 
flow, and is w idely regarded as a good palaeocurrent 
indicator.

10.4.8 Silt and m ud drapes

During waning flows, pools of stagnant water are 
com m only left in abandoned channels, allowing fine 
suspended sedim ent to settle out w ithout being 
entrained as bedload. This sedim ent forms drapes of 
mud, silt and sometimes very fine sand that blanket 
the underlying deposits (Fig. 10.24; M iall, 1977). 
Drapes will tend to be thickest in the middle of the 
pool, where the water is deepest, form ing thin, con- 
cave-up lenses of variable lateral extent. Typical 
thicknesses range from  a few m illim etres to a few 
centim etres. Beds are com m only massive, but can be 
lam inated if  sedim ent delivery occurred in pulses. 
Fluvial mud drapes m ust not be confused with 
glacim arine mud drapes discussed in Section 10.6.

10.4.9 Hyperconcentrated f lo w  
deposits

The deposits o f hyperconcentrated stream flows 
(Section 3.8.1) form sheets or channelized lenses, 
com m only tens o f centim etres to a few metres thick 
and several metres to tens o f metres across. Particu
larly extensive deposits, hundreds or thousands of 
metres across, can be form ed by catastrophic out
burst floods, or jokulhlaups, caused by failure of 
m oraine-dam m ed lakes (Section 3.5; L liboutry et al., 
1977; Lord and Kehew, 1987; M aizels, 1989a. b). In 
general, deposits consist o f m atrix-supported gravels

Fig. 10.24 Sandy and silty mud drapes in a vertical 
sequence of gravel sheets. Alberta. Canada. (Photo: D.J.A. 
Evans)
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or diam ictons, reflecting mass transport and rapid 
deposition. Units may be entirely massive or display 
internal structures such as crude stratification and 
basal inverse- or inverse-to-norm al grading (Fig. 
10.25 (Plate 21); M aizels, 1989b; Todd, 1989). Strat
ification can consist of crude horizontal bedding or 
cross-bedding, and probably records pulsed deposi
tion from  surges in the flow (M aizels, 1989b). There is 
com m only an upward increase in textures, structures 
and sedim ents indicative of fluvial processes, such as 
better sorting, w ell-developed bedding and cross-bed
ding, and winnowed gravels. These characteristics are 
thought to result from  the transition from hypercon
centrated to normal stream flow during falling dis
charges, whereupon form erly suspended sedim ent is 
reworked as bedload (M aizels, 1989; Todd, 1989).

Pebble fabrics in the massive parts of hypercon
centrated flow deposits tend to show preferred a-axis 
orientations parallel to flow and upflow а -axis im bri
cation (Todd, 1989), characteristics typical of 
sheared, concentrated sedim ent-w ater mixtures 
(Hein, 1982; M assari, 1984; Benn, 1995). No fabric 
shape data have been published.

10.5 GRAVITATIONAL MASS- 
M O V EM EN T DEPOSITS

10.5.1 O v e rv ie w

The abundance o f steep, unstable slopes in many 
glacial environments makes gravitational mass 
m ovem ents very im portant agents o f sedim ent 
reworking and deposition. G ravitational processes 
operate in subglacial cavities, on the surface and 
around the margins o f glaciers, and on proglacial and 
subaqueous debris slopes. Deposits form ed by gravi
tational mass wasting processes are usually classified 
according to the geom etry o f the m oving mass, the 
velocity and m echanism  of movem ent, and water 
content during transport and deposition (M iddleton 
and Ham pton, 1973; Selby, 1982; Postma, 1986). 
Five basic types of deposit are described in the fol
lowing sections: (a) fa ll deposits, com posed o f parti
cles that have fallen, rolled, bounced or slid down 
steep slopes; (b) gelifluction deposits, form ed by the 
slow downslope movement of seasonally frozen 
debris; (c) slump and slide deposits, form ed by the 
sliding o f intact blocks of sediment or rock, with 
varying amounts of internal deform ation; (d) debris 
flow deposits, resulting from  the flowage of concen
trated sedim ent-water mixtures; and (e) turbulent
-  w deposits or turbidites, deposited from  turbulent 
underflows below standing water.

I: -hould be em phasized that, in nature, mass 
~  -~ients com m only undergo transform ations

from  one type to another during transport. For exam
ple, slumps can evolve into debris flows if  the com 
ponent debris becom es liquefied and disaggregated: 
and subaqueous debris flows can partially or com 
pletely transform  into turbulent underflows as a 
result o f sedim ent m ixing with the overlying water 
colum n (Sections 7.6.2 and 8.4.4). As a result of 
transform ations during movem ent, m ass movement 
deposits may exhibit lateral and vertical changes in 
structure, grain size, sorting and other properties, 
w hich can be used to reconstruct the sequence of 
events during transport and deposition. Another 
im portant point is that debris can undergo several 
cycles of m ovem ent and redeposition by gravita
tional and other processes. This is particularly true in 
ice-contact environm ents w here the topography is 
subject to m ajor changes due to ice m elt and 
advance, and for steep subaqueous slopes w hich may 
undergo alternating phases o f oversteepening and 
failure (Sections 6.5 and 8.5). Such m ultiple rework
ing episodes can form  com plex successions that 
require careful study for their correct interpretation: 
some exam ples are described in Chapter 11.

10.5.2 Fall deposits
Fall deposits form by the accum ulation o f debris at 
the foot o f slopes, following transport by falling, 
rolling, sliding and bouncing down the slope. Fall 
deposits can be predom inantly coarse-grained or 
diam ictic, and can accum ulate by num erous low- 
m agnitude events or single high-m agnitude events. 
In this book, diam ictic deposits are term ed debris fa ll 
deposits, coarse fall deposits constitute rockfall 
deposits or talus, and very coarse deposits from sin
gle high-m agnitude rock slope failures are rock 
avalanche deposits. Fall deposits can be deposited in 
subaerial and subaqueous environments, and to a 
much m ore lim ited extent in subglacial cavities. The 
characteristics of fall deposits tend to differ in each 
of these three types of environment, and are dis
cussed in turn below.

1 0 .5 .2 .1  S U B A E R I A L  F A L L  D E P O S I T S

The extent and geom etry of subaerial fall deposits 
are very variable, depending on debris supply and 
the position of deposition. A t the base o f ice and 
snow slopes, deposits tend to accum ulate in cones 
and wedge-shaped bodies, which may be only tens 
o f centim etres thick where debris supply is limited. 
W here debris supply is high, talus deposits below 
ice and snow slopes can be several metres thick and 
coalesce into ramparts tens or hundreds of metres 
across (Lawson, 1981b, 1989; Ballantyne, 1987;
D.J.A. Evans, 1989b; Ballantyne and Harris, 1994). 
W arren (1988) proposed the new term  protalus till



for talus that accumulates at the snout of a glacier 
after falling from a supraglacial source area and 
travelling over the ice by gravitational processes. 
Th is lies outside the definition of ‘t i l l’ adopted in 
this book, and is  not used here. Extensive fall 
deposits can also form below debris slopes, such as 
steep-sided moraines, recently deglaciated slopes 
and unglaciated hillsides, and take the form of cone- 
shaped or sheet-like bodies, depending on the nature 
of the source area (Ballantyne and Harris, 1994). 
Talus is a loose, clast-dominated deposit, with vary
ing amounts of void space and interstitial matrix 
(Fig. 10.26). In openwork deposits, matrix material 
is completely absent. Deposits may be massive and 
structureless, but crude stratification and vertical 
size-sorting may be present. Particle morphology is 
commonly typical of periglacially weathered or pas
sively transported debris, with high percentages of 
angular and slabby or elongate clasts, although this 
is not exclusively the case, and talus derived from 
glacier ice or pre-existing sediment can display a 
variety of clast morphologies. Fabrics can be 
isotropic, particularly in small talus bodies (Lawson, 
1979b, 1989), but more commonly have some 
degree of preferred orientation, parallel or trans
verse to the depositional slope. Strong downslope 
preferred orientations develop where clasts slide 
down the depositional surface prior to deposition, or 
where postpositional shearing of the deposit 
occurs, whereas more isotropic fabrics arise where 
particles interlock with a rough talus surface at 
varying angles (Fig. 10.27; Benn, 1994b). Talus and 
avalanche deposits often display marked fa ll sorting 
or downslope coarsening, owing to the greater 
momentum of large particles and their consequent 
tendency to travel furthest. Debris fa ll deposits have 
been described by Lawson (1979a, 1981a, 1989), 
who called them ‘slope colluvium’ and ‘ice-slope 
colluvium’. The deposits are typically chaotic, con
sisting of unsorted and texturally diverse materials,

Fig. 10.26 A talus slope in the Torngat Mountains, no rth
ern Labrador, Canada. (Photo: D.J.A. Evans)

I S O T R O P I C

•  G e l i f l u c t i o n  d e p o s i t s

Fig. 10.27 Slope deposit fabric shapes. (Data provided b> 
C.K. Ballantyne)

sometimes enclosing intact blocks of pre-existing 
sediment. The action of running water between fall 
events can form interbeds and lenses of sorted sedi
ments and winnowed lag horizons.

10.5.2.2 SUBAQUEOUS FALL DEPOSITS

Fall deposits can show up very clearly on side-scan 
sonar images of present-day subaqueous slopes a> 
lobate, fall-sorted spreads of coarse debris (Prior anc 
Bornhold, 1990; Nemec, 1990). They can be diflicui: 
to identify in section in ancient deposits, mainly 
because debris falls tend to become enveloped b> 
later fine-grained sediments, causing them to resem
ble diamictic debris flows. Diagnostic criteria migh: 
be isolated clasts overlain by layered drapes of tine 
sediment, indicating that the fine drape \\ 
deposited after the clasts, or evidence that large cla>t> 
have ploughed through the underlying sediment 
before coming to a halt.

10.5.2.3 FALL DEPOSITS IN SUBGLACIAL 
CAVITIES

Glacial debris dropping from the roof of a .
cavity can form diamictic fall deposit- The 
most likely to be preserved on the lee - * 
moutonnees, where they form w e d g e - - ■ 
thinning rapidly in the downglacie: - 
deposits can be massive and struj:_'_ . *
crude stratification. Lenses of water- " л a  
may be present (Hillefors. 19“ -
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10.5.3 Gelifluction deposits

Gelifluction is the slow downslope flow of sediment 
associated with the seasonal thawing of ground ice 
(Harris, 1981; Ballantyne and Harris, 1994), and is 
an im portant process o f subaerial sedim ent rew ork
ing in periglacial environments. Flow occurs by 
intergranular creep and slip along planes o f weakness 
form ed by the m elting of lenses of segregation ice. 
Velocities decrease with depth and are typically a 
few centim etres per year at the surface. Displacem ent 
can extend down as much as 3 m, but depths of 0.5 m 
are m ore com m on (Ballantyne and Harris, 1994). 
Gelifluction deposits, or gelifluctates, form  extensive 
sheets com posed o f num erous downslope-oriented 
lobes. They are typically m atrix-supported diamic- 
tons, although they can be clast-supported in places 
(Fig. 10.28). Granulom etry and particle form are 
inherited from the parent m aterial. Structurally, 
gelifluctates can appear massive but a crude stratifi
cation is often apparent, arising from  slope-parallel 
shear surfaces, often marked by thin stringers of clay 
or silt. Fabric data from lobate gelifluction deposits 
on Ben Wyvis, Scotland, are shown in Fig. 10.27 
(Ballantyne, 1981; Benn, 1994b). Fabric shape is 
closely similar to that from  lodgem ent tills and ‘brit
tle’ deform ation tills, probably because the fabrics 
developed under sim ilar conditions o f closely con
strained shear. In the gelifluctates, however, fabric 
m axim a are oriented downslope and bear no relation 
to regional ice movement. The strength of downslope 
preferred orientation is highly variable, probably 
reflecting varying styles o f strain, vertical velocity 
gradients, and am ounts o f downslope movement.

10.5.4 Slide and slump deposits

Slides and slump deposits form  sheet-like masses c. 
10 cm to > 1 0 0 m  thick. In slides, the internal beds 
are m ainly undisturbed, but may exhibit compres- 
sional or tensional deform ation near the toe and head 
zones, respectively (Sections 7.6.2 and 8.4.4.6). 
Slumps display more extensive evidence o f internal 
deform ation, consisting o f overfolds, box folds, 
im brication of soft clasts, and branching thrust faults 
(Allen, 1982a; Stow, 1986). In large slumps and 
slides, the style of internal deform ation can be very 
sim ilar to that caused by proglacial glacitectonics 
i Section 7.4), and correct interpretation will require 
consideration o f the surrounding facies, palaeoslope 
and surface topography. Slumps com m only generate 
debris flows, in the form  of either local, small-scale 
flows, or large flows resulting from  the large-scale
■ -..•'.'formation o f the whole mass. W here subaque- 

_ ' mass movem ent disrupts sedim ent but does not 
in its long-distance transport and disaggrega- 
: rroduces what is known as gravity-induced

(b )

Fig. 10.28 Gelifluction deposits, (a) Active solifluction te r 
races, 1000 m above sea-level, Scottish Highlands, (b ) Sec
t ion  th r o u g h  gelifluction deposits, Isle of  Skye, Scotland. 
T h e  sandy layers are shear surfaces th a t  may m ark th e  posi
t ion  of fo r m e r  ice lenses. (Photos: D.l. Benn)

soft sedim ent deform ation (N. Eyles and Clark, 
1985). This can lead to the production o f sediment 
m elange consisting of flow structures and attenuation 
features such as boudins sim ilar to those found in 
glacitectonite (Visser et al., 1984).

10.5.5 Debris f lo w  deposits

Debris flow deposits are form ed by the gravitational 
flowage of sedim ent-w ater mixtures. Flowage can 
take place in both subaerial and subaqueous environ
m ents (Sections 6 .5 .3 .1 and 8.4.4). In many texts, the 
term flow  till is used to refer to subaerial sediment 
flows deposited in direct association with glacier ice 
or from  freshly deposited till (e.g. Hartshorn, 1957: 
Sugden and John, 1976; Dreimanis, 1989; Hambrey.
1994). Similarly, the terms sub aquatic flow  till and 
submarine flow till (Evenson et al., 1977; H icock et 
al., 1981) have been em ployed for subaqueous flow 
deposits. However, because processes and products of 
debris flow can be identical in glacial and non-glacial 
environments, it is preferable to em ploy term s that



emphasize mechanisms o f flow transport and deposi
tion, rather than the origin of the sediment or the loca
tion of the flow (Lawson, 1979a, 1981a, 1989; Lowe, 
1979; Gravenor et al., 1984; Nemec and Steel, 1984; 
Postma, 1986; Nemec, 1990). In this book, the general 
term debris flow deposit is used in preference to ‘flow 
till' with its environmental implications. The prefix 
glcicigenic may be added where direct association with 
glacier ice can be demonstrated (Lawson, 1979a). 
Subaerial and subaqueous debris flow deposits com
monly have distinct characteristics, owing to the role 
of the water column in modifying subaqueous flows 
i Fig. 10.29). They are therefore described separately 
below. A  number o f good sedimentology books are 
available in which further treatment o f sediment grav
ity flows is provided (e.g. Reading, 1978; Reinick and 
Singh, 1980; Allen, 1982a, 1985; Leeder, 1982; 
Collinson and Thompson, 1989).

10.5.5.1 SUBAERIAL DEBRIS FLOW DEPOSITS

Subaerial sediment flow deposits are usually, but not 
always, diamictons with a fine-grained matrix (clay, 
silt or sand) and variable clast content. Bulk grain

size distributions are essentially those o f the r_rr-: 
debris, because o f the unimportance o f sort:: .. _ 
winnowing during transport. Because inter-par. cie 
contact forces are low during flowage. particle rr. 
phology is inherited with little or no modificati r. 
from the source material, except for fragment' : 
very weak rocks such as shale. Particle morpholer 
may be characteristic o f actively or passively trans
ported glacigenic debris, water-worn sediment, or 
some mixture, depending on the source.

Deposits form lobate sheets or channelized lense-. 
generally a few centimetres to 2 m or more thick, anc 
a few square metres to hundreds or even thousands of 
square metres in area. Sequences o f flows can build 
up to over 10 m thick and cover areas o f several tens 
o f thousands of square metres (Lawson, 1979a). In 
section, individual flows form tabular or lens-shaped 
units, and if flows are channelized, units can have 
concave-up, erosional bases and flat tops (Fig. 
10.30). Where successive flows are similar in texture, 
individual units may be difficult to distinguish, but 
boundaries are commonly marked by basal concen
trations of clasts, upper washed horizons, interbeds 
o f silt, sand or gravel, or more subtle bedding

(a) sharp, slightly 
erosive

waning traction current

elevated (‘floating’) 
clast
clast to matrix- 
supported
ungraded and 
disorganized fabric 

inverse grading

(b)

(c)

crude lamination

)
 surges and 
intersurge events 
give crude 
gradational beds; 
arrows indicate 
intersurge events

surge

sharp base, 
some erosion
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(a)

structures. A t first acquaintance, sedim ent flow 
deposits can appear totally chaotic, but close exam i
nation often reveals a surprising am ount of internal 
organization which can be used to reconstruct the 
processes o f deposition in some detail.

The internal structure o f sedim ent flow deposits is 
strongly related to the water content during flow and 
deposition. Four basic types o f flow deposit, based 
on the flow types defined by Lawson (1979a, 1982), 
can be identified (Section 6.5.3.1). Type I  flow  
deposits generally consist o f a clast-rich, poorly 
sorted deposit incorporating blocks o f pre-existing 
sediments, representing mass transport in a sem i
rigid plug (Fig. 10.30; Rodine and Johnson, 1976; 
Shultz, 1984). The only visible structures may be 
zones of short, curving shear planes near the base, 
and thin silt or sand horizons near the top, reflecting 
post-depositional washing by water. Concentrations 
of large clasts may be present at the margins o f the 
flow.

Type II flow deposits typically have concave-up 
lower surfaces in transverse section, with a massive, 
poorly sorted interior underlain and flanked by more 
organized, sheared sedim ent (Lawson, 1979a; 
Shultz, 1984; Cas and Landis, 1987). The sheared 
horizons tend to show distinct size sorting, with con
centrations o f clasts at the base owing to sinking of 
coarse particles through saturated, liquefied matrix, 
and their subsequent transport as bedload (Fig.
10.30). The sediment im m ediately above such clast 
concentrations can be depleted in coarse material rel
ative to the rest of the deposit, and may be inversely 
graded. Curving shear surfaces and streaked-out 
' "  ears o f silty clay may be present. W ashed horizons

(b )

Fig. 10.30 Subaerial debris f lo w  deposits. Isle of  Skye, S::  
land, (a) Section t h r o u g h  a m oraine, sh o w in g  stacked a e ;  
flows. Note the basal clast clusters, planar and channe : 
contacts, and u n co n fo rm ity  'U ' .  (b ) P ho tograph  of  p a ~  * 
th e  section. (Photo: D.l. Benn)

com m only occur at the flow top, as the result o f sur
face water flow and ponding following deposition.

Type III flow  deposits resem ble the lower, shear; . 
part o f Type II flows, w ith pronounced basal c L - : 
concentrations. There are often m arked lateral ar.: 
longitudinal variations in the thickness of deposi:
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- ' J  basal clast concentrations, reflecting discharge 
; --:uations or surges in the parent flows (Fig. 

29). Pulsed flow can also result in a crudely strat- 
- i  deposit, with interbedded diam icton, clast con- 

. .  ■■.rations and washed horizons. Individual particles 
be thicker than the w hole deposit, projecting

- . г the flow surface.
Type IV  flow deposits consist mainly o f silt and 

. - i .  sometimes with thin basal layers o f  coarse sand 
ar m e  gravel, because flows with high water content 

CL-.not support clasts owing to their very low matrix 
■rength. Individual depositional units are thin 

■2-0.1 m), but can build up thick sequences of 
' n laminae.

"’ebble fabrics in sedim ent flow deposits are very 
• tr e b le , and display a wide range o f isotropy and 
: agation values (Fig. 10.31; Lawson, 1979a, b;
V '.1 9 9 1 ;  Benn, 1994b). Fabric shape and pre
y e d  orientations are dependent on patterns of 

■ r.:n  within the parent flow. Fabrics in non-deform -
■ r rlug  zones can be isotropic, but well-organized 
i-'-.cs can develop in zones of intense shearing as

■ __ :d es  are rotated by the deform ing m atrix (Law-
*  * 1979a). Particle a-axes and a-b  planes can be

-re d  parallel to the frontal and lateral margins of 
where flow is compressive, whereas a-ax is 

j  maxima will tend to be parallel to flow below 
. -entral parts, w here flow is extending (Fig. 10.32; 

Ъ _;:on, 1971; Owen, 1991). In all cases, preferred

I S O T R O P I C

о C ohesionless subaqueous flows

•  Subaerial debris flows

: :  10.31 Fabric shape of  subaerial and cohesionless sub-  
; i - e o u s  debris f lo w  deposits. (Subaerial fabric data from  
_=..son, 1979a, and Mills, 1991. Subaqueous fabric data 
< r  ;  . provided by F. Massari)

orientations will show no system atic relationship to 
regional ice flow directions (Lawson, 1979a, b).

1 0 . 5 .5 .2  S U B A Q U E O U S  D E B R I S  F L O W  D E P O S I T S

For subaqueous debris flows, an im portant distinc
tion is made between cohesive and cohesionless 
flows, because the presence or absence o f matrix 
cohesion exerts an im portant control on flow behav
iour and the character o f the resulting deposit (Sec
tion 8.4.4; N em ec and Steel, 1984; Postma, 1986; 
Nemec, 1990). A sim ilar distinction can also be made 
for subaerial flows, but flows that behave as cohe
sionless m aterials are unim portant in terrestrial 
glacial environments.

Fig. 10.32 Fabric patterns in a subaerial d e c '  ; * : - 5 =' 
the Batura Glaciers, Pakistan. (From  О л е '  *59" 
duced by permission of  the Zeitschrift fur Cez  =
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Cohesive  debris f l o w  deposits

Deposits o f cohesive debris flows form  sheet-like or 
lobate beds, w ith planar or slightly scoured bases. 
Individual units are typically decim etres to several 
metres thick, and a few metres to hundreds of metres 
in lateral extent. Very extensive debris flow deposits, 
thousands o f metres long, have been identified on 
glacially influenced subm arine slopes (W right and 
Anderson, 1982; C.H. Eyles et al., 1992; King, 
1993). Such large-scale debris flows are often pro
duced by the downslope disaggregation of subaque
ous slumps and slides, and can be recognized by the 
presence of blocks o f the substratum  in the deposits 
(Kurtz and Anderson, 1979; N. Eyles, 1987).

Form er plug zones in cohesive debris flow deposits 
are typically com posed o f massive, m atrix-supported 
diam icton or muddy sands and gravels. Very large 
clasts and intact or rem oulded soft-sedim ent rafts 
m ay be present (C.H. Eyles, 1987; N. Eyles, 1987; 
Ghibaudo, 1992). The upper parts of flows may pass 
vertically into norm ally graded and stratified gravels, 
sands and silts, deposited from turbulent flows 
derived from  the debris flow (Fig. 10.29; Walker, 
1975; K rause and Oldershaw, 1979). The relative 
thickness of the debris flow and turbulent flow com 
ponents o f such tw o-layer deposits is variable, and 
depends on the extent to w hich flow modification 
occurred. The deposits o f turbulent flows (turbidites) 
are described in detail in Section 10.5.6.

Basal sheared zones of cohesive debris flow 
deposits can be identified by the presence of attenu
ated wisps of clay or silt, shear planes and norm al or 
inverse grading (Fig. 10.33). Norm al grading reflects 
the sinking of large particles through weak, shearing 
sediment, whereas inverse grading is generally attrib
uted to some com bination of upward clast m igration 
due to shearing and a sieving effect (these m echanisms 
are explained under cohesionless debris flows below). 
A nother possible m echanism  for the developm ent of 
inverse grading was proposed by Broster and Hic- 
ock (1985), who argued that norm ally graded beds 
on the upper surfaces o f cohesive flows (formed by 
turbulent mixing) could be rolled over the nose o f the 
flow, conveyor belt fashion, to be redeposited upside 
down beneath the flow as an apparently inversely 
graded layer.

Cohesionless debris f lo w s
Cohesionless debris flow deposits typically form  dip
ping sheet-like or lobate masses centim etres to metres 
thick. D epositional dips are variable, but are usually in 
the range 10°-37°, although they can be as low as 3° 
for liquefied or fluidized flows (Section 8.4.4.3; M id
dleton and Hampton, 1973). Bases are com m only ero-

e. and can form deep, channelized scours (chutes)
_ g-.ed downslope (Walker, 1975;Rust, 1977; Postma, 

.S .E yiese ta l.. 1987; Prior and Bornhold, 1989,

(C)

Fig. 10.33 Subaqueous mass f l o w  deposits: (a) norma 
g ra d e d  f lo w  unit  capped by lam inated sand and silt, Loc' 
Q uoich ,  northern Scotland; (b) th in  lenses of  diamicton w i t '  
silt partings, Loch Quoich;  (c) subaqueous g ra d e d  mass fIc 
deposits in th e  foresets of  a glacilacustrine delta, D r y m e -  
Scotland (Photos: D.l. Benn and D.J.A. Evans)
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1990; Carlson et al., 1992; L0nne, 1993). Incorpora
tion o f underlying material into eroding flows can 
result in gradational ‘welded’ basal contacts.

Deposits typically consist o f gravel, sand or pebbly 
sand, and may be well or poorly sorted, depending on 
the source material (Figs 10.29 and 10.33). Flows fed 
by subaerial streams tend to be well sorted, reflecting 
the grain-size characteristics o f fluvial bedload, 
whereas flows fed directly by subglacial conduits or 
derived by reworking o f heterogeneous sediments can 
contain a wide range o f grain sizes (Thomas, 1984a; 
Mastalerz, 1990; L0nne, 1993). Torrential subaerial 
streams can also introduce poorly sorted material to 
subaqueous slopes (Martini, 1990). Ice-proximal flow 
deposits can contain an abundance o f boulder-sized 
material. Units may be massive or exhibit inverse or 
inverse-to-normal grading. Inverse grading is particu
larly common at unit bases, and is thought to result 
from two main processes. First, dispersive pressure 
generated by colliding grains tends to be greatest 
around large grains, which preferentially migrate 
upwards towards zones of lower strain rate (Bagnold, 
1956). Second, a kinetic sieving mechanism occurs, in 
which small particles fall down through the spaces 
between large ones, displacing the large grains upward 
Middleton, 1970; Middleton and Hampton, 1973). 

Shake a box o f popcorn, a bowl o f sugar or a large 
packet o f crisps to see this effect in action. Normal 
grading is typically only weakly developed, because 
strong normal grading implies that grains were able to 
move freely enough relative to one another to allow 
differential gravitational settling, conditions usually 
associated with cohesive or turbulent flows. Particle 
fabrics in gravelly cohesionless debris flows commonly 
show preferred я-axis orientations parallel to flow, 
and upflow а-axis imbrication, resulting from particle 
rotation in a shearing medium (Fig. 10.31; Rust, 1977; 
Hein, 1982; Massari, 1984). Imbrication angles are 
variable, and can increase or decrease upward 
depending on patterns of strain in the flow during final 
deposition (Walker, 1977; Massari, 1984).

Some sandy flow deposits exhibit distinctive 
dewatering structures, indicating formerly liquefied 
or fluidized flow (Middleton and Hampton, 1973; 
Lowe, 1976b). Dewatering structures record the dis
ruption and upward displacement o f sediment by 
escaping pore fluid, and include subvertical pipes, 
swirled lamination and dish structures. The latter 
form groups o f short, concave-up laminae, 4-50 cm 
wide and 1-2 cm deep, which are sometimes tightly 
curved, and form by the breakage and deformation of 
horizontal structures by upwelling fluid.

10.5.6 Turbidites
Turbidites are the deposits o f fully turbulent sedi- 
ment-gravity flows, or turbidity currents, beneath

standing water (Section 8.4.4.4; Walker. 19е ! :  
They are probably responsible for the majority : 
laminated and graded beds in glacier-contact ur.i 
glacier-fed lakes (Shaw, 1977b; Shaw and Archer. 
1978, 1979; Shaw et al., 1978), and are also impor
tant in periglacial and glacimarine settings (C.H. 
Eyles et al., 1985; Prior and Bornhold. 1989: 
Brodzikowski and van Loon, 1991). Turbidites are 
particularly characteristic o f the mid- and lower 
zones o f deltas and subaqueous fans (Section 8.5).

Deposition from turbidity currents happens as the 
flow slows down or becomes less turbulent, by a 
combination o f settling from suspension and rework
ing as bedload beneath higher, still-moving parts o f 
the flow (Walker, 1992b). These processes give rise 
to a general proximal-to-distal fining o f turbidite 
beds, reflecting the rapid deposition o f coarse mater
ial and the transport o f finer material into deeper 
parts o f the basin. They also produce a characteristic 
graded vertical sequence within the bed, known as 
the Bouma sequence (Bouma, 1962; Walker, 1992b). 
The full Bouma sequence is, from the top down (Fig. 
10.34):

• massive clay or silt (E);
• interlaminated silt and/or clay (D);
• ripple cross-laminated sand and silt (C);
• planar laminated sand (B); and
• massive or normally graded sand or gravel (A ).

Division A  is the product o f rapid deposition from 
suspension o f the coarsest material with little or no 
subsequent reworking. Parallel lamination (Division 
B) forms as sand is transported and deposited as bed
load in the upper flow regime (Section 10.4.2). driven 
by the flow above. The sand is derived either from 
the overlying current or from reworking o f Division 
A. Continued deceleration o f the flow results in a 
transition from the upper to the lower flow regime, 
and a consequent change in bedforms developed at 
the base o f the flow. Ripple cross-lamination reflects 
the downflow migration of ripples during the rework
ing o f Division В and/or the influx o f new sediment 
from suspension. Climbing ripples (Section 10.4.3) 
record net deposition o f sediment, and convolute 
lamination can develop by the deformation of lami
nae during loss o f excess porewater. Division D 
forms by the settling o f suspended fines during the 
last stages o f the flow, with lamination reflecting 
pulses in flow velocity. Division E represents the 
gradual settling o f residual suspended load in quiet 
water conditions.

Many variations on this basic sequence can exist 
Parts o f the sequence can be missing or repe_:c.z 
depending on flow conditions. High-concer.:r_:: r. 
flows produce thick A  and В units with sub '. . . 
or missing С to E units, whereas lo '.w  r.
flows can produce base cut-out sequence• . - -
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(a) (b )

of Divisions С to E only. Repeated divisions can 
form  by pulsed flows or flows reversing their direc
tion o f travel after rebounding from  topographic 
highs (Haughton, 1994). ‘F loating’ clasts, much 
larger than the surrounding material, can occur ir. 
Divisions A and B. These are transported in the flow 
by gliding along boundaries betw een regions with 
contrasting density, in m uch the same way as a 
w ater-skier skims along the boundary betw een water 
and air (Postm a et al., 1988b). O utsized clasts arc 
deposited at high levels if  the surrounding flov 
rapidly im m obilizes or ‘freezes’.

(c)

(d)

Fig. 10.34 Subaqueous u n d e r f lo w  deposits (turbidites).  (a) 
Classic 'B o u m a '  turbid ite  sequence. Letter codes are 
explained in th e  text,  (b) Examples o f  'base c u t -o u t '  distal 
turbidites. U n it  'ccc' consists of climbing ripples, convolute 
lamination a n d r ip -u p  clasts. T h e  'thin  be d d e d ' unit  consists 
o f  g raded sands and starved ripples (r e d r a w n  f r o m  Walker, 
1992b). (c) Norm ally  graded ,  ripple cross-laminated and 
convolute lam inated sands f r o m  glacilacustrine b o tto m  sets, 
- r ' ^ a s h e e n ,  Scotland, (d ) Laminated and convolute lami- 

sands and silts, w it h  gravelly  lens in g la cim arine bo t-  
- :  —  sets, Sognefjord, Norw ay.  (Photos: D.l. Benn)

10.6 DEPOSITS FROM 
SUSPENSION SETTLING A N D  
ICEBERG ACTIVITY

In glacilacustrine and glacim arine environmen: 
sedim ent can be carried at high levels in the wa:;- 
colum n in overflow and interflow plum es of fine s l -  

pended sediment, as ice-rafted debris, and by vegeu 
tion such as seaweed (Sections 8.4.3 and 8 .- : 
Powell, 1990; Gilbert, 1990). Suspended sedim er - 
and debris released from  icebergs, ice shelves i r . 
floating vegetation settle through the w ater column 
be deposited. Gravitational settling also delivers b 
genic material, such as plant and anim al micro: - 
sils, to lake and sea floors, form ing fossilife: . 
muds and biogenic oozes. Also included in this >;. - 
tion are deposits and sedim entary structures form; i  
by grounding of icebergs.

10.6.1 Varves and other glacilacustrire 
o verflo w /in terf lo w  deposits

Suspended sediment carried into lakes as h igh-', d 
overflows and interflows spreads laterally and g r i>  
ually settles out through the w ater column tm
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elocities proportional to particle size (Section 8.4.3; 
Drewry, 1986). Fine particles may also be deposited 
following ingestion by zooplankton and egestion as 
:aecal pellets (N.D. Smith and Syvitski, 1982), or the 
ueath o f organisms with mineral skeletons or phy- 
: 4iths (Lowe and Walker, 1984; Bradley, 1985). The 
resulting sediments form blanket-like drapes which 
Typically display proximal to distal fining and thin
king (N.D. Smith et al., 1982; Drewry, 1986). 
Deposits will also tend to be thicker towards the right 
r left shore in the northern and southern hemi- 

oheres, respectively, owing to Coriolis deflection of 
:he circulating plumes (Section 8.3.6; N.D. Smith 
and Ashley, 1985).

The deposits will tend to exhibit different struc- 
:ures below shallow and deep water, respectively. 
Below shallow water (generally above the thermo- 
-iine), overflow and interflow deposits will tend to 
form massive muds and silts, owing to sediment mix
ing by bioturbation, wave disturbance and wind-gen
erated currents (Sturm and Matter, 1978; N.D. Smith 
_nd Ashley, 1985). Below deeper water, the deposits 
typically form laminated fining-up sequences o f silt 
and clay (Figs 10.35 and 10.36). The laminae reflect 
rluctuations in the grain size and quantity o f incom
ing sediment, as a result o f daily, meteorological or 
annual water and sediment discharge cycles (Church 
and Gilbert, 1975). Short-term cycles produce thin, 
normally graded laminae with sharp basal contacts 
and gradual fining-up within each unit. In contrast, 
annual cycles can produce distinct silt-clay couplets

(a)

(b)

(c)

Fig. 10.35 Spatial variations in lake sediment characteris
tics under different dispersal mechanisms: (a) overflow- 
interflow; (b) underflow; (c) overflow-interflow and under
flow. (Modified from Smith and Ashley, 1985)

known as varves, with sharp contacts between t.t£ 
coarse and fine components, as a result of 
differences in sediment supply between sumnter anc 
winter (DeGeer, 1912; Ashley, 1975; N.D. Sir.: tit. 
1978). The coarse component is deposited from o\ er- 
flow and interflow plumes generated during the abla
tion season, and the fine component records grad„_ 
settling o f the finest material during winter when 
there is little or no incoming water to the lake iFig. 
10.37). Winter sedimentation commonly takes place 
below a cover o f surface ice. Thin layers o f coarser 
material can occur within winter clay layers in 
varves, deposited during winter storms or as a result 
o f sediment reworking on the lake floor (Shaw et al.. 
1978). Varves show a proximal to distal decrease in 
the thickness o f the silt component relative to the 
clay, and also an overall reduction in mean grain size 
(Ashley, 1975). They also display marked year-to- 
year variations in thickness, which is valuable in 
establishing correlations between different parts o f a 
basin (N.D^ Smith, 1981).

Laminated glacilacustrine sediments can be 
deposited by the combined action o f overflows, inter
flows and underflows (turbidity currents). It is rela
tively straightforward to distinguish turbidites and 
overflow/interflow deposits because the latter are 
regularly and thinly bedded, and do not contain cur
rent structures such as ripple cross-lamination (cf. 
Section 10.5.6). The relative thicknesses o f the 
underflow and overflow/interflow components o f 
composite sequences vary with position with respect 
to sediment sources. In locations close to sediment 
influx points, turbidites tend to predominate, with 
thin clay layers representing short-term pauses in 
sedimentation (N.D. Smith and Ashley, 1985). In 
contrast, sedimentation in distal locations tends to be 
dominated by settling from overflows and interflov. 
with only minor input from turbidity currents i Shaw 
et al., 1978). The underflow and overflow/interflow 
components in composite laminated deposits repre
sent very different rates o f sedimentation. Turb: 
currents in glacial lakes may last only a few minute' 
but deposit several centimetres o f sediment: wher;— 
quiet-water settling o f clays may deposit onh u 
millimetres or less over many months. Thu' '.arr.:- 
nated sediments may represent depositions! 
on many different timescales. The term e 
should be used only where a seasonal der - 
cycle can be clearly demonstrated (N. E\ 1;- _
Eyles, 1992).

10.6.2 Cyclopels and cyclopsa"*:
Cyclopels and cyclopsams (the latter - v «ic  I
‘p’ ) are rhythmically bedded src ~ e - л . *№jb :
from overflow and interflow г _ - ~~ те
environments (Section 8.3.3 ~ •
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Fig. 10.36 Schematic m odel to  s h o w  the 
internal characteristics of  lam inated sedi
ments  (varves v. othe r  rhythmites) and their  
positions of  deposition. (M o d if ie d  fro m  N. 
Eyles and Miall , 1984)
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Fig. 10.37 A  comparison c* 
surge deposits and varve- 
(M o d if ie d  fro m  N.D. Sm it '  
and Ashley, 1985)

duced by M ackiewicz et al. (1984) using the Greek 
root cycl to refer to their cyclic nature and the G reek 
words pel and psam  to denote muddy and sandy 
units, respectively. Overflow and interflow plum es of 
'Uspended sediment tend to be m ore im portant in 
;'.acim arine environm ents than glacial lakes, owing 
: :he buoyancy of fresh m eltw ater in dense, saline 
' ater. Turbid m eltw ater plum es em erging from

efflux points below grounded ice can rise to the sur
face or to interm ediate depths, and can be transporte_ 
for m any tens of kilom etres from  the ice front (Syvir- 
ski et al., 1987). The buoyancy of freshw ater p lum e- 
in sea-water also means that coarser grains, up : 
sand size, can be transported in suspension.

D eposition from turbid plum es typically produce • 
couplets o f silt and m ud (cyclopels) and sand an:



mud (cyclopsams). Each couplet has a sharp lower 
contact, recording the sudden onset o f deposition of 
the coarsest material, and is normally graded, record
ing the gradual settling o f progressively finer mater
ial (Fig. 10.38; Mackiewicz et al., 1984; Cowan and 
Powell, 1990). Sedimentation rates can be very high: 
as much as 15.4 cm o f sand in 19 hours near the mar
gins o f temperate tidewater glaciers (Powell and 
Nlolnia, 1989). Cyclopels and cyclopsams were first

recognized and defined in cores ( M a c k i e v . - 
1984), and have been identified in a variev. 
glacimarine settings (Powell and Molnia.
Cowan and Powell, 1990).

The grading in cyclopels and cyclopsams rec 
variations in sediment supply and settling rates. . n- 
trolled by fluctuating meltwater stream dischar_L. 
tides and wind shear (Cowan et al., 1988: T.G. S:e .;. - 
art, 1991). Tidal influence was clearly demonstr_:ec

IV

О О О О
О О О  

О О О о М , С Sand I1
F, VF Sand -------- -

- 1 - 1 - Silt/Clay !

I Sharp 
contact

Erosive
contact

(c)

Fig. 10.38 Cyclopels and cyclopsams. (a) Cyclopels and cyclopsams in a vertical sequence in glacimarine sediments in 
Clements Markham Inlet, Ellesmere Island. (Photo: T.G. Stewart) (b) The relationship between cyclopel/cyclopsam deposition 
and tides. (From Cowan and Powell, 1990. Reproduced by permission of the Geological Society of London) (c) The distribu
tion of sequences of sedimentary structures in Riggs embayment, Glacier Bay, Alaska. The pattern of sedimentation is directly 
related to distance from stream mouths, Zone I being 'dominated by proximal downslope processes and Zones II—V being 
characterized by more distal suspension settling. (From Philips et al., 1991. Reprinted by permission of the Geological Soci
ety of America)
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by Cowan and Powell (1990) in a study o f sedim enta
tion in M cBride Inlet, Alaska, near the tidewater snout 
o f  the M cBride Glacier. Sedim ent traps positioned on 
the sea floor collected the largest amounts of sand 
within the two hours following each low tide, and the 
least am ount around one hour after high tide, when silt 
and mud deposition was more important. This pattern 
reflects the dynam ics o f sedim ent m ovem ent during the 
tidal cycle. W hen the tide is rising, water velocities 
are high, m aintaining coarse m aterial at high levels. 
This material gradually sinks towards the bottom  dur
ing high and ebb tide, finally settling out in the slack 
w ater around low tide. This cycle happens against a 
background o f continuous settling o f fine silt and clay 
particles. Thus, each day, two lam inae will be pro
duced (one for each tidal cycle), plus additional lam i
nae related to fluctuations in sedim ent and m eltwater 
influx, wind patterns, and sedim ent reworking on the 
sea floor (Cowan et al., 1988).

Cyclopsam s are generally deposited w ithin 1 km 
of the point where the m eltw ater plum e enters the 
sea. Cyclopels may also be deposited in proxim al 
environm ents during periods of low discharge, but 
are more com m on betw een one and several kilom e
tres o f the efflux point (M ackiewicz et al., 1984; 
Powell and M olnia, 1989). Both cyclopsam s and 
cyclopels can be interbedded with turbidites, other 
mass flow deposits and ice-rafted debris, particularly 
in proxim al environm ents (Dom ack, 1984; Powell 
and M olnia, 1989).

10.6.3 Ice-rafted debris and underm elt 
deposits
M aterial rafted into marine or lacustrine environ
ments by floating ice, in the form of icebergs or ice 
shelves, ranges in size from  clay to boulders (Oven- 
shine, 1970; Powell, 1981; M olnia, 1983; Gilbert,
1990). Collectively, such material is known as ice- 
rafted debris (IRD), and can be very prom inent in 
glacim arine and glacilacustrine depositional 
sequences. Isolated clasts dropped on to a lake or sea 
bed from  floating ice are termed dropstones, and may 
occur in both massive and lam inated sediments. They 
also occur as outsized clasts in current-bedded bottom  
sediments, but can be confused with isolated particles 
that have rolled or bounced out beyond coarse mass 
flows in more proximal environments. Dropstones 
can also be transported by floating vegetation, partic
ularly genera o f seaweed such as bladderw rack that 
have gas-filled sacs (Section 8.4.5.1; Gilbert, 1990). 
The existence of dropstones in a sedim ent does not, 
therefore, necessarily im ply the form er presence of 
icebergs. W here the surrounding sediments are lam i
nated. dropstones can be identified by the deform ation 

г penetration o f underlying laminae, as described by 
7 -  nas and Connell (1985: Fig. 10.39).

Sustained rain-out from  below ice shelves or m ul
tiple icebergs can produce thick deposits o f mud. 
pebbly mud or diamicton. M any terms have beer, 
proposed for deposits form ed by rain-out below ice 
shelves, including undermelt till (Dreimanis and 
Lundqvist, 1984; Parkin and Hicock, 1989; King e: 
al., 1991), subaquatic melt-out till (Dreimanis, 1979: 
Boulton, 1972b), subaqueous basal till (Link and 
Gostin, 1981), grounding-line till (Powell, 1984) and 
dropped para-till. In the latter term, the G reek prefix 
‘para-’ indicates that the m aterial is closely related to 
till, but by strict definition is not a till. However, 
because deposition by rain-out below ice shelves i> 
by settling under gravity, we prefer to avoid the te n t 
‘till’, and recom m end undermelt diamicton, as pro
posed by Gravenor et al. (1984). W here deposition 
was from icebergs, the term s dropstone diamicton 
and dropstone mud should be employed, depending 
on their grain size characteristics. A cut-off point o: 
10 per cent clasts per unit area is a convenient divi
sion betw een dropstone diam ictons and muds (Pow
ell, 1984). In practice, it may not be possible, using 
internal characteristics alone, to distinguish under-

(a)

Fig. 10.39
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to
к  ' j .3 9  Dropstone structures: (a) the nature of bottom 
я1 : -zz bedding contacts; (b) structures observed in glacila- 
E . "■ ~e sediments in Scotland. (From Thomas and Connell, 

• :  Reproduced by permission of SEPM)

я  - : diamicton from  dropstone diamicton deposited
■ m multiple icebergs.

- "opstone diam ictons and muds form  extensive,
■ - " net-like sheets draped over the pre-existing 
j : c< iraphy, and can be massive or weakly stratified 
F r 10.40). Stratification can be particularly pro- 

n .r.ced if  ice rafting occurs alongside other deposi- 
> _1 processes, such as the settling o f suspended
■ - r.es. bottom  tractive current activity or sediment 
- ity flow (Powell, 1984). Stratification will tend to 
~. destroyed by bioturbation, resulting from the activ- 
i  ~ s of bottom -dwelling invertebrates. O ther signs of 
* logical activity in dropstone muds can include 
■_je and body fossils, including shells and microfos-

я  '  Sequences o f dropstone diam ictons and muds
■ -у be only a few centim etres thick below small glac- 
. :-contact lakes (Benn, 1989a), but can build up to be 
;ns o f metres thick on glacially-influenced coasts.

The grain size distributions of dropstone diamic- 
ns and dropstone muds are highly variable, 
rending on the character o f the parent debris and 

ne degree o f fall sorting, water-column winnowing 
-nd bottom winnowing that occurs prior to deposi

tion (e.g. Anderson et al., 1980). Clast-rich dropstone 
diam ictons are typically associated with proximal 
environm ents, w here they form  by debris melt-out 
below floating glacier ice or frequent icebergs (Ham- 
brey, 1994). If  fine-grained sedim ent is winnowed 
out in the w ater column, the deposited sedim ent can 
be a clast-supported diam icton or gravel (Powell. 
1984). D ropstone muds are m atrix-supported diam ic
tons with strongly bim odal particle size distributions.

(c)
Fig. 10.40



418 G l a c i a t i o n

(d)

Fig. 10.40 D ropstone muds, diamictons, and iceberg d u m p  
structures: (a) stratified diamictons and dropstone muds, 
Loch Q uoich,  Scotland; (b ) dropstone in g lacim arine silts 
and clays, illustrating b e n d in g  in lo w e r  contact and on-lap 
of  up p e r  contact, Phillips Inlet, Ellesmere Island; (c) iceberg 
d u m p  structure in glacilacustrine subaqueous sands, Dry-  
men, Scotland (Photo: D.J.A. Evans); (d ) iceberg d u m p  struc
tu re  in glacilacustrine sediments, Achnasheen, Scotland. 
(Photo: D.l. Benn)

reflecting dom inant suspension sedim entation and 
minor quantities o f dropstones.

Particle m orphology is inherited from  the parent 
glacial debris. Characteristics typical o f actively 
transported debris (subrounded and subangular 
clasts, faceting and striations, and crushed quartz 
grains) are common, indicating the im portance of 
basal debris (Dom ack et al., 1980), but on a local 
scale passively transported debris may predom inate, 
reflecting supraglacial debris sources or debris 
eroded beneath cold ice. No system atic differences in 
particle m orphology are evident between ice-proxi
mal and ice-distal environm ents (Hambrey, 1994).

D ropstone д-axis fabrics will be influenced by the 
character of the bottom  sediment. W here bottom  sed
iments are relatively stiff, but allow penetration by 
clasts, they will tend to preserve the high dip angles 
o f clasts that fall vertically through the water column 
and hit the bottom nose first, producing a weak clus
ter fabric w ith a vertical preferred orientation. Con
versely, where bottom  sediments are either very soft 
or com pacted, vertically im pacting clasts will tend to 
fall sideways because either the sediment cannot 
hold the clast upright or the clast cannot penetrate the 
sediment, resulting in a girdle fabric (D om ack and 
Lawson, 1985). Preferred orientations can also 
develop in response to bottom  current activity and 
reorientation by mass movements. M ore isotropic 
fabrics can reflect a com bination o f these processes 
and the varying influence of particle shape.

The rate of deposition o f ice-rafted debris is a 
: unction o f the debris content o f the ice (debris con
centration and debris layer thickness) and the fre

quency o f iceberg passage, which reflects the calving 
rate and distance from  the glacier margin 
(Dowdeswell and Dowdeswell, 1989; D ow desw ef 
and Murray, 1990).

Iceberg dump mounds are form ed w here icebergs 
roll over and rapidly dum p large quantities o f debris in 
a single location (Thomas and Sum m ers, 1982: 
Thom as and Connell, 1985; D owdeswell etal., 1994). 
These are planar-based mounds o f coarse m ateriab 
which can occur in isolation, offlap each other, or be 
stacked vertically and interstratified with finer- 
grained sediments (Fig. 10.41). They are typically 
symmetrical cones with a m axim um  height of 2 rr 
and a width to height ratio of 6:1. Asym m etrical cone- 
are produced by m ultiple dum ping events as a result o: 
repeated overturning of, or basal m elt-out from, the 
same iceberg. M ound bases can be horizontal or 
inclined, depending on the form  of the substratum  or. 
which they lie. Clasts at the base of the mounds wil 
com m only deform  underlying fine-grained sed:-

(a)

Fig. 10.41



: :  10.41 Iceberg d u m p  and g r o u n d in g  structures observed 

i" r  acilacustrine sediments in Scotland: (a) includes single
: -------metric structure (A ),  stacked asymmetric,  laterally over-

:  ng structure (B), detailed marginal contact (C), vertically 
‘ i i ' e d ,  symmetric structure (D )  and c o m p o u n d ,  stacked 
5  ~  metric structure (E); (b ) an iceberg g r o u n d in g  structure 

« three-dim ensional view. (From  T h o m a s  and Connell,  
•: R eproduced by  permission of  SEPM)

. '. The mounds them selves consist of poorly
* "  r i  gravels with bedding dipping outwards from  
T - . ne centre, or com prise a central core o f clast- 
a .* iiam icton grading upwards and outwards to 
р к  г ;• sorted gravel. These coarse sedim ents can be 
r  .-'-.ratified with fine sediments towards the top 
I  in • -. Iceberg dum p events can introduce a wide 
~ - r _ if sedim ent sizes with different settling veloci- 
n . the w ater colum n, and turbid underflows can 
г .  - 'rt suspended sedim ents laterally over a wide

rming graded turbidites (Elverhoi and Roald- 
ш . -I* S3; Gilbert, 1990). The open texture o f some

-  ;ions in iceberg dump mounds led Thom as and 
r I 1985) to suggest that rafted blocks of debris- 

a t r  _c  had dropped, then m elted out on the bottom. 
^ _:ed process is the rafting of frozen pre-existing
*  . ~ rn ts  by sea-ice (Gilbert, 1990). Thom as and 
On- •. '.985) proposed the term  iceberg dump till 
Ьж r e  'edim ents in iceberg dump mounds, but we 
•m . . ■. lude these sediments in the category o f ice- 
*er. : me diamictons in line w ith Powell (1984), 
t e . . : ey are not tills in the strict sense. The dump 
« n  described above do not display any evi-

: : raulting, scour or other deform ation associ
a t e  ь .eberg  contact, and so are not deposited 
S h e d  ■ b> ice.

I f -  Iceberg gro u n d in g  structures 
arrc s-rdiments

B u r  .—  - _nd clusters o f clasts can be deposited 
A o c r*  - ~ icebergs w ithout intervening gravita- 
■ k j  r* n  if bergs lodge on the sea- or lake bed 

f t r  b r . rerl ds and debris melts out in situ

(Lavrushin, 1968; Fecht and Tallman. -> 
D iam icton produced by this process has been te m e d  
iceberg till (Dreim anis, 1979: Powell. ■- 
grounds that the sedim ent is depositee d:rec: — 
glacier ice and is therefore a till. However. _ ■ ~ _ 
glacier ice is involved, it is no longer part 
ier, and this usage is not adopted in thi> _ 
Instead, we use the term  iceberg contact dt r - :

Iceberg plough and scour marks have Ье;-- 
reported w idely from both ancient and moden-. .. ■ . 
and ocean settings (Section 8.4.5.2; Belderson 
1973; Belderson and W ilson, 1973; Harrison anc - 
leymore, 1974; Syvitski et al., 1983; W oodwonh- 
Lynas and Guigne, 1990; D owdeswell et al., 199? 
Icebergs can also disturb bottom  sedim ents at tide
w ater margins, if  bergs fall through the w ater column 
and strike the bottom  before floating away (Powell. 
1981a). The frequency o f iceberg scouring is so 
intense in som e locations that all prim ary deposi
tional stuctures can be destroyed, producing massive, 
structureless diam icton from  pre-existing sediments 
(Vorren et a l ,  1983; Dowdeswell et al., 1994). Fine 
bottom  sediment can also be resuspended during this 
process, and the rem aining sedim ent can be depleted 
of fines depending on currents (M arienfeld, 1992). 
M assive diam ictons produced by ice keel scouring 
are term ed ice-keel turbate by W oodworth-Lynas and 
Guigne, 1990), and can be very difficult to differen
tiate from  non-stratified dropstone diam ictons, as 
well as some subglacial tills, unless some identifiable 
deform ation structures are preserved.

Distinctive faulting structures can be created by 
single iceberg grounding or ploughing events 
(Thomas and Connell, 1985; W oodworth-Lynas and 
Guigne, 1990). An idealized sequence of events was 
presented by W oodworth-Lynas and G uigne (1990), 
as shown in Fig. 10.42. As the iceberg ploughs for
ward, slices o f sedim ent are thrust forward and to the 
sides along low-angle thrust faults. The fault surfaces 
are highly polished and slickensided, indicating the 
direction o f thrusting. The outward m ovem ent o f the 
thrust slices is accom panied by downward movement 
o f a central wedge of sediment, which is typically 
folded and seamed with microfaults. Downward nor
mal faulting also occurs at the outside margins o f the 
ridges ( ‘berm s’) o f thrust sediment.

10.6.5 Fossiliferous deposits and 
biogenic oozes

Biological activity can be very im portant in glacim^- 
rine and some glacilacustrine environment'', 
body or trace fossils can constitute an im r \  
com ponent o f some facies. W here input : . . 
particles is high, such as in proxim al er . . 
fossils may make up only a small volume the -evi- 
iment, but in other areas, fossils can m i l * •



420 G l a c i a t io n

Fig. 10.42 A  m odel to  sh o w  th e  progressive d e ve lo p m e n t  
of  fault  structures in lake o r  m arine sediments d uring  scour
ing by  a drifting iceberg. (1) Sedim ent is com pacted in f ro n t  
of th e  scouring iceberg keel and as a result the sediment 
surface bulges and develops horizontal faults; (2) as scour
ing continues, th e  d o m in a n t  m o t io n  of  th e  displaced sedi
m e n t  is radially  a w a y  f r o m  th e  scour axis, an d  berms are 
p roduced by  th e  horizontal displa cement of  clay slabs; (3) as 
th e  iceberg keel passes over the site, the final e m p lacem ent 
of stacked clay slabs takes place at th e  scour margins. Verti 
cal loading by the keel causes shallow  fo u n d a t io n  failure, 
and shallow  faults de velop beneath th e  scour t r o u g h ;  (4) as 
the keel moves past th e  site, th e  stress release causes h igh -  
angle  n o rm a l fa ulting  of  th e  clay slabs on th e  ou te r  berm  
margins. Sed im e nt th e n  fills th e  iceberg scour t r o u g h ,  and 
faults m a y  be reactivated by the resultant o v e rb u rd e n  pres
sure. (M o d if ie d  fro m  W o o d w o rt h -L y n a s  and G u igne,  1990)

o f deposits. Sedim ents made up m ainly or entirely 
from m icrofossils are term ed ‘biogenic oozes’. The 
range o f species present in fossiliferous sedim ents is 
an im portant source of palaeoenvironm ental data, 
such as water depth, tem peratures, turbidity and 
salinity (Lowe and Walker, 1984; Bradley, 1985; 
Andrews et al., 1996).

10.7 W IN N O W IN G  STRUCTURES 
(LAGS, COQUINAS AN D 
BOULDER PAVEMENTS)

Currents flowing in both m arine and lacustrine envi
ronm ents can rework bottom  m aterials by transport
ing away fine-grained sediments leaving coarse lags, 
especially during periods o f non-deposition or 
reduced sedim ent influx to the deep water (Emery, 

M arlowe, 1968: Stanley, 1968; Edwards,

1975). These have been term ed palimpsest lags Ы 
Powell (1984) because each lag surface in a vertica 
sedim entary succession represents an incomplete 
record of form er depositional processes. Powel 
(1984) went on to suggest that glacier readvance over 
a palim psest lag would produce a striated clast pave
ment sim ilar to those produced in subglacial situa
tions (Section 10.3.4).

Coquinas are a type of lag deposit consisting o: 
shell-rich bands within water-lain muds and sand ' 
Exam ples have been described from the early Pleis
tocene Yakataga Form ation, Alaska, which contair 
w hole and broken bivalves, gastropods, brachiopods 
worm  tubes and barnacles in a matrix of sand or muc 
and form  extensive planar or concave-up feature- 
(Bergen and O ’Neil, 1979; Lagoe et a l ,  1989; N 
Eyles and Lagoe, 1990). The fauna represented in the 
coquinas prefer shallow-water environm ents with I:: 
tie or no sedim ent accum ulation, suggesting that the 
coquinas form ed when increased current energy pre
vented mud deposition. Coquinas within channel fill 
probably represent shell-rich lags produced by chan
nelized currents, which scoured and winnowed shell- 
bearing sediments.

Striated clast or boulder pavements w hich ma 
have originated partly by current w innowing ha\e 
been described by C.H. Eyles (1988b) and N. Eyle- 
and Lagoe (1990) from the Yakataga Formation, anc 
by M cCabe and Haynes (1996) from  late Pleistocene 
sedim ent sequences in Ireland. In the A laskan exam
ple, the clasts m aking up the pavem ents do not ha', e 
the attributes norm ally associated with subglacL 
lodgem ent or deform ation, such as stoss and lee 
forms and consistent а -axis fabrics (Sections 10.3.1 
and 10.3.4), although their upper surfaces do bea- 
consistently oriented striae, unlike striae form ed b\ 
sea- or shore-ice (Hansom, 1983a; D ionne, 1985 
The clast pavem ents were interpreted by C.H. Eyle-
(1988) as the products of winnowing o f diamicton- 
by storm  waves and currents, followed by g lac is  
abrasion of the coarse lag by later ice advance- 
Because there is a lack o f glacitectonic d isturbam . 
o f surrounding sediments, N. Eyles and Lagoe 
(1990) suggested that the ice margin was partial ■ 
floating and touched down only locally on higr 
points on the sea bed. The Irish boulder pavemen:- 
described by M cCabe and Haynes (1996) occ_- 
w ithin water-lain muds and sands. The boulders are 
closely packed in a m osaic-like pattern which is ger- 
erally one boulder thick. M ost boulders have striate; 
surfaces, and about 50 per cent bear two or more se> 
o f striae, with no clear dom inant striation d irec tic '. 
The boulders are thought to have been delivered b 
ice rafting, and organized into a pavem ent by win
now ing in the near-shore zone. The inconsister 
direction o f the striae suggests that they were incise, 
by freely floating ice floes.
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11.1 INTRODUCTION
Glacial depositional landform s and facies associa
tions exhibit a sometimes bewildering variety, 
reflecting a very w ide range o f processes, topo
graphic settings and glacial environments. M any 
landforms and associations can be observed forming 
in m odem  glacial environm ents, and in consequence 
these types have proved relatively easy to classify 
and interpret. O ther landform s and associations, 
however, are known only from long-deglaciated ter
rains, such as drained lake or shelf sea floors or the 
form er beds o f the great m id-latitude ice sheets, and 
may be of a scale, m orphology and structure that 
have never been observed in active depositional set
tings. As a result, genetic m odels for such associa
tions m ust be based on interpretation o f the 
geom orphological and geological record. Interpreta
tion o f ancient sedim ents and landform s should be 
based on detailed, system atic observations, and 
guided, w herever possible, by appropriate modern 
analogues and sound theory. Unfortunately, there 
has always been a tendency in glacial geology 
for som e researchers to indulge in unconstrained 
speculation, and many weird and wonderful ideas 
have appeared in the literature to account for cer
tain landforms. In this chapter, we concentrate on 
those interpretations which are well supported by 
observations or theory, and generally m ention less 
plausible or outm oded ideas only in passing. This 
approach has allowed us to illustrate the broad range 
o f glacigenic sedim ent-landform  associations and 
their origins w ithout becom ing too distracted by 
the many curiosities and antiques that clutter the 
literature.

The classification o f glacial sedim ent-landform  
associations inevitably presents difficulties, and 
many approaches have been tried in the past (e.g. 
Em bleton and King, 1975; Sugden and John, 1976; 
Brodzikowski and Van Loon, 1991). We have chosen 
to classify them  according to depositional environ
ment, reflecting the structure of Part One o f this 
book. Sedim ent-landform  associations are described 
below under five general headings: (a) subglacial 
associations; (b) ice-marginal moraines; (c) supra- 
glacial associations; (d) proglacial associations; and 
(e) glacilacustrine and glacim arine associations. 
There are some problem s w ith this approach, 
because som e glacial depositional landform s are 
shaped in m ore than one environment. Cupola hills 
(Section 11.3.1.3), for example, are ice-m arginal 
glacitectonic m oraines that have been m odified by 
subglacial processes; and ice-walled lake plains 
'Section 11.4.4) are supraglacial glacilacustrine 
-I'-ociations. We have placed such awkward cases 

"gside the associations with which they have the 
.I '■est genetic affinity.

11.2 SUBGLACIAL ASSOCIATIONS
Subglacial associations are am ong the m ost enig
matic products o f glaciation, and a reasonable under
standing has begun to emerge only in recent years as 
the result o f a considerable research effort. This sec
tion begins with a discussion of subglacial facies 
associations that lack surface expression in land
forms, either because o f erosion or because o f burial 
under younger sediments. Such associations may 
constitute the only record o f glaciation in early Qua
ternary or older strata, and their correct interpretation 
is very im portant for reconstructions of form er glac
ier behaviour. We go on to describe subglacial bed- 
form s, such as drum lins, flutings and Rogen moraine, 
w hich are distinctive sedim ent-landform  associa
tions produced beneath active glaciers. Lee-side cav
ity fills and crevasse-fill ridges are then described, 
followed by a discussion o f eskers. The section con
cludes w ith consideration o f subglacial volcanic 
forms.

11.2.1 Subglacial facies associations
Sedim entation and tectonic processes in subglacia. 
environm ents can result in complex, highly variable 
associations of diam icton and sorted sediments 
M any facies m odels have been proposed in the liter
ature, which explain such associations in term s o: 
shifting subglacial environments and processes. Sue: 
m odels, however, are o f varying usefulness, and ma; 
be strongly influenced by ruling hypotheses anc 
untested assum ptions about till genesis and deposi
tional environments. Furtherm ore, the quantity an«_ 
quality of the sedim entological data em ployed in the 
construction o f such m odels are very variable. As a 
result, any one subglacial facies association can be 
interpreted in very different ways by different 
researchers. Several good examples o f subglacia 
facies models can be found in recent volum es edite^. 
by van der M eer (1987), Dardis and M cCabe (199— 
and W arren and Croot (1994).

An inform ative exam ple of changing interpreta
tions of a glacigenic facies association is recent won 
on the Catfish Creek Form ation, exposed along the 
northern shore of Lake Erie, Canada. The Catfi>r 
Creek Form ation is an extensive association of inter
stratified diam ictons, sands, gravels and laminate^ 
muds laid down during the late W isconsinan glacia
tion (Fig. 11.1; Dreim anis et a l ,  1986). The diam ictc: 
units are variably lam inated and massive, and son'.;, 
units exhibit isoclinal fold structures or augen-shape_ 
sand and silt inclusions. Sand interbeds are common 
interfingering with diam icton units. The C atfi'- 
Creek Form ation was interpreted by Evenson et a'.. 
(1977) as an ice-contact subaqueous association con
sisting of subaqueous debris flows (Section 10.5.5.2



S e:  : : : -

- c  11.1 T h e  stratigraphic  context of  th e  Catfish Creek till, Ontario ,  Canada. A  =  Lake M a u n e e  silt, В =  Port Stanley till, 
-  = :~'atified Catfish Creek till, D = sand and gravel, E =  lam inated clays and silts. (M o d if ie d  f r o m  G ibbard ,  1980)

j  - ater-sorted sediments. Folding and augen struc- 
и - - ■ ithin diamicton units w ereregarded as the result 
if m obilization o f pre-existing sediments by sub-

. .  us flowage. This model was challenged by Gib- 
I  _■: 1980), who reinterpreted the association as the 
« .  ‘ o f rain-out beneath a floating ice shelf, com- 
т - _ with lim ited postdepositional flowage and 
Ш  it tent m eltw ater discharge. Subsequently, 
I  -. anise/1 a/. (19 8 6 )an d H ic o c k (1992, 1993)con- 
i  . . _ detailed analyses of some exposures, includ- 
i . nem atic studies o f clast m orphology and fabric, 

a rc  in c lu d e d  that the Catfish Creek Form ation
- is  complex switching betw een subsole deforma- 

Ш ' \lgem ent, flowage, and deposition by meltwa- 
e r  - ' ubglacial cavities. Under this interpretation, 
■at -al folds and soft sedim ent inclusions in lami- 
ъ л. - - ami с ton units resulted from  subsole deforma- 
и л ‘ : glacilacustrine sediments. As discussed in 
5 n 10.3.3, such features are characteristic o f 
ей  . r .icitectonites. The changing interpretations of 
He _:n sh Creek Form ation reflect changing fashions
*  £ _c;al geology, and em phasize the need for rigor- 
Ш  - - alyses using a w ide range o f descriptive criteria 
*7i _::empting to establish the origin of com plex 
m . ertt successions (Hicock, 1992; Hart and 
It ri". 1 9 9 4 ;  Benn and Evans, 1996).

xr-eral scenarios have been proposed to account 
*:r . "  ;al and lateral facies variability in subglacial 
«  '  eru associations. These include: (a) rheologic 
■* . t * -ition of different till facies; (b) intermittent
* . . :al drainage during till deposition; (c) lobal 
mi. -. ‘'ns between adjacent ice flow units; and (d)
-  _ _::ons between subglacial and ice-marginal, 
r  „ .-strine  or glacim arine environm ents at oscil- 
«ю г ;e  margins. Sedim entary successions result-
* . - m cases (c) and (d) do not com prise single 
a t -'sociations, but represent two or m ore super-

■no associations form ed in different environ- 
» • ■ r events. As such, they are best discussed in 
Se: '  12.4.2. Successions form ed by rheologic 
*. ' .  —• '.:ion  and alternate till deposition and sub- 

- : :age are described in turn below.

: - E O L O G I C  S U P E R P O S I T I O N

ШЬшн: , ir ;ч rposition can be defined as the suc-
i . :: o f subglacial tills with different

deform ational histories (Hicock, 1992; Hicock and 
Dreim anis, 1992b; Hicock and Fuller, 1995), and has 
been inferred from  till successions that exhibit sys
tematic vertical changes in fabric characteristics and 
structures. For example, switches between ductile 
and brittle deform ation at a glacier bed may result in 
partial overprinting o f existing till characteristics 
w ith new fabrics and structures (Sections 5.6 and 
10.3.4). This can take the form  o f the collapse and 
brittle shear of a ductile А -horizon, producing boud- 
inage and fracturing of soft-sedim ent deform ation 
structures (Hicock and Dreim anis, 1992a; Hicock, 
1992), or the dilation and ductile deform ation of 
hitherto stiff tills, resulting in the rotation o f striated, 
faceted particles away from  their original orienta
tions (e.g. Hicock, 1991, 1992; Benn, 1994a, 1995; 
Benn and Evans, 1996; Fig. 11.2). Preservation o f a 
vertical succession o f till types, recording a full his
tory o f deform ation at the site, clearly requires net 
accretion o f till, or constructional deformation (Hart 
and Boulton, 1991; Hart, 1995a).

A nother exam ple of rheologic superposition is till 
form ed by basal m elt-out o f debris-rich ice followed 
by rem obilization in a deform ing layer. In this case, 
structures and textures form ed during the shear of 
debris-rich ice are overprinted during subglacial 
shear. Shaw (1987) described facies associations in 
the Edm onton area, Canada, w hich he interpreted as 
interbedded m elt-out tills, deform ation tills and sub
glacial channel fills. However, great care m ust be 
taken when interpreting such com plex successions, 
because many till characteristics previously assum ed 
to represent inherited englacial structures are now 
known to be characteristic o f glacitectonites (Sec
tions 10.3.3 and 10.3.5).

1 1 . 2 . 1 . 2  I N T E R M I T T E N T  S U B G L A C I A L  

D R A I N A G E

Several researchers have described till successions 
that contain interbeds and lenses o f sorted sediments 
(e.g. N. Eyles et al., 1982b; Amark, 1986; Brown et 
al., 1987; Shaw, 1987; D.J.A. Evans et a l ,  1995; 
Benn and Evans, 1996). Sorted interbeds commonly 
take the form o f broad lenses o f silt, sand or gravel 
w ith concave-up lower contacts and nearly planar 
upper contacts. Lenses may exhibit w ell-preserved
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(seen in fie ld : from  photos

11.2 M ultip le  till and stratified sediment sequence near Bradtville,  Onta rio ,  Canada, interpreted as th e  p ro d u ct  of lofcr 
• ; - ' o n s  and rheological superposition. (From Hicock, 1992. R eproduced by permission o f  Scandinavian University Pres;

internal structures such as plane bedding and ripple 
cross-stratification (Sections 10.4.2 and 10.4.3), but 
varying degrees of tectonic folding and attenuation 
are com m on at the contacts with overlying tills (Fig.
11.3: N. Eyles et a l ,  1982b; Amark, 1986; D.J.A. 
Evans et al., 1995). C lark and W alder (1994) have 
argued that such successions represent deform ation 
tills and the infills of form er braided canal systems 
developed at the ice-till interface (Section 3.4.6; 
W alder and Fowler, 1994). A ccording to this model, 
the till units are form ed by subsole deform ation when 
the glacier is coupled to the bed, and the canal sys
tems are form ed when discharges are too high to be 
evacuated through the bed, and bed separation occurs 
over large areas. Clearly, the survival o f  canal fills in 
a deform ational environm ent requires that they expe
rience only low cum ulative strains, either because (a) 
deform ation persists for a short period following 
canal form ation; (b) strain persists but strain rates are 
very low; or (c) net accretion o f deform ation till 
occurs and the base of the deform ing layer migrates 
upward, so deeper parts o f the deform ing layer 
becom e im m obile (i.e. there is constructional defor
mation; Hart and Boulton, 1991).

Figure 11.3 shows interbedded tills, sands and silts 
at Skipsea, Yorkshire, northern England, described 
by D.J.A. Evans et al. (1995) and Benn and Evans

(1996). The tills are variably massive to laminated, 
and contain clear deform ational structures such as 
isolated folds and sm eared-out lenses of chalk and 
unconsolidated sediments. The sorted lenses exhibit 
both prim ary depositional structures and tectonic 
deform ation, and com m only grade upward into com 
plexly folded and attenuated interbeds o f silt, sand 
and diam icton. From  the base up, the Skipsea 
sequence was interpreted as: (a) a lower deform ation 
till; (b) subglacial canal fills representing meltwater 
flow at the ice-till interface; and (c) glacitectonized 
sorted sediments and deform ation till resulting from 
incorporation o f part o f the channel fill sequence into 
a new deform ing layer, together with till advected 
into the site. This interpretation implies construc
tional deform ation at the site, and upward migration 
o f the base of the deform ing layer during sediment 
accretion.

Isolated channel fills, possibly representing Nye 
channels on a form er glacier bed, have also been 
reported from subglacial till successions. A n exam
ple from late Pleistocene sediments exposed on 
the coast of T ierra del Fuego, southern Chile, is 
shown in Fig. 11.4. The channel is incised down
ward into com pact till, interpreted as a hybrid 
lodgem ent-brittle deform ation till (Section 10.3.6). 
and is bounded above by a horizontal erosion sur-
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: ; 11.3 Stratigraphic section including two diamictons or tills (triangle pattern) separated by sand and gravel interbeds 
■: pattern) at Skipsea, east Yorkshire, England. The sands and gravels are former subglacial canal fills. Note the glacitec- 

■ с deformation of the sands and gravels and their partial ingestion into a shear zone in the upper diamicton. (From Benn 
Evans, 1996. Reproduced by permission of Elsevier)

: ig. 11.4 Subglacial channel fill, Tierra del Fuego. C.M. 
^apperton for scale. (Photo: D.l. Benn)

:'ice. The association of the channel and compact till 
is compatible with the hydraulic theory of Walder 
_nd Fowler (1994), which predicts that drainage 
ver rigid or slowly deforming sediments is likely to 

?e via dendritic conduits, in contrast with the 
braided canals postulated for weak, deformable sub
strata.

Study of former subglacial drainage networks 
from subglacial facies associations is still very new. 
and much remains to be learned. Clearly, careful 
attention will need to be paid to establishing whether 
lenses of sorted sediments result from subglacial 
meltwater activity or were rafted in from upglacier 
within a deforming layer. Additionally, techniques 
need to be developed to determine the relationship 
between channel formation and the contemporary 
state of the bed (i.e. whether it was rigid or deform
ing). With careful research design, however, it should 
be possible to test whether current models of sub
glacial drainage are plausible, and to derive approxi
mate palaeodischarges from grain size and bedt'orm 
data.

11.2.2 Subglacial bedforms
Subglacial bedforms are longitudinal or transverse 
accumulations of sediment formed below active ice 
(Rose, 1987b; Menzies and Rose, 1989). Longitudi
nal forms are streamlined features aligned parallel to 
ice flow, and can be divided into drumlins, flirtings 
and megaflutings', the most important transverse bed
forms are Rogen moraines. Bedforms occur in fields 
which are positioned in relation to ice divides and ice 
streams at various times during active glaciation. 
This means that they are related not just to substrate 
morphology, local stress variations and sediment 
supply, but also to ice flow and sediment deformation 
histories. Longitudinal forms such as drumlins and 
flutings are clearly very similar to whalebacks and 
rock drumlins (Section 9.3.2), suggesting that some 
common factors underlie their formation.

The distinction between drumlins, flutings and 
megaflutings is based upon the length and elongation 
ratio of the bedform. The elongation ratio is defined 
as:

E  = l/w ( 11. 1)
where £ is elongation ratio, I is maximum bedform 
length and u is maximum bedform width.

Elongation ratios and lengths of some drumlins, 
flutings and megaflutings are shown in Fig. 11.5 
Rose. 1987b). According to Rose, drumlins are large 

forms (> 100 m long axis) with elongation ratios up 
to about 7:1; flutings are less than 100 m long with 
elongation ratios in the range 2:1 to 60:1 or even 
more; and megaflutings are elongate forms with long 
axes greater than 100 m. Drumlinoid forms longer 
than c. 1000 m are termed streamlined hills, and very 
large elongate forms many tens of kilometres long, 
hundreds of metres wide and more than 25 m high 
have been recognized on satellite images and termed 
mega-scale glacial lineations by Clark (1993).
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Fig. 11.5 T h e  relat ionship b e tw e e n  le ngth and e longatio n  ratio of  flutings, m egaflutings, drumlins, m ega drum lins  and 
streamlined hills fro m  th e  G la sg o w  area, Scotland and Okstindan, Norw ay.  T h e  dashed line represents a possible q uantita 
tive differentiation of flutings and drumlins. (From  Rose, 1987b. Reprinted by permission of Balkema)

However, the dim ensions o f ‘drum lins’ and ‘flutings’ 
described in the literature com m only differ from  
those defined in Fig. 11.5. In recognition of this, 
Rose has stressed that drumlins, flutings and 
m egaflutes form a continuum  and any lines drawn 
between them  can only ever be arbitrary.

In this section we consider the m orphology and 
com position o f flutings, megaflutings, drum lins and 
Rogen m oraine, and discuss m odern theories for 
their origin.

11.2.3 Flutings

Flutings, also known as flutes or fluted moraines, are 
elongate stream lined ridges o f sedim ent aligned par
allel to form er glacier flow (Fig. 11.6; Boulton, 1976; 
Rose. 1987b; Gordon et al., 1992). They are gener
ally a few tens of centim etres to a few metres high 
and wide, and occur in groupings o f subparallel 
ridges on many m odern glacier forelands, and some 
older glacial landscapes (e.g. Sissons, 1967; Gordon 
et al.. 1992; Bennett, 1995). Interesting early obser
vations o f  flutings were m ade by Gilbert (1904a), 
Grant and Higgins (1913), Tarr and M artin (1914), 

1935). Dyson (1952), N ichols and M iller 
'1  . Hoppe and Schytt (1953) and Schytt (1963). 

have low preservation potential because 
they are readily degraded by  wind and water, and

consequently are much m ore com m on on modem 
forelands than on older terrain (Boulton and Dent. 
1974). Flutings com m only begin downglacier from 
lodged boulders or clast clusters, although this is not 
always the case. They are generally straight or very 
gently curving, but may swerve abruptly around 
boulders before resum ing a straight course (Figs 11.6 
and 11.7; G ordon et al., 1992). They tend to consist 
m ainly o f subglacial till, although cores o f deformed, 
pre-existing sedim ents have been reported (Paul and 
Evans, 1974; Boulton, 1976, 1987; Rose, 1989b: 
Eklund and Hart, 1996).

Several m odels of fluting form ation have been 
proposed (Gordon et al., 1992). The m ost widely 
accepted model regards flutings as the product of 
subglacial sedim ent deform ation in the lee of 
obstructions on the bed (Dyson, 1952; Boulton. 
1976; Benn, 1994a; Eklund and Hart, 1996). A ccord
ing to this interpretation, flutes are initiated when 
weak, saturated sediment is squeezed under pressure 
into small lee-side cavities behind obstructions. The 
sedim ent flows m ore readily in response to stress 
than the ice, so the cavity becom es filled up and is 
prevented from  closing. The sedim ent-filled cavit_\ 
can then evolve into a fluting by one of two m echa
nisms. (a) As sedim ent flows into the lee-side cavity, 
the drop in pressure may cause it to freeze and adhere 
to the basal ice. The frozen sedim ent is then carried
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: :  11.6 Flutings on m o d e rn  glacier forelands in Iceland. 
: r 'esh flutings, B reidamerkurjokull.  N ote  deflection of 

т  t  -e a re st  f lute a ro u n d  th e  boulder. Ice f lo w  f r o m  r ight to  
Photo: D.l. Benn) (b ) D e gra d e d  flute, SkalafelIsjokulI, 

: . i g  its relationship to  a lo dged, faceted boulder. Note 
~  r  r . ' ia e  and the perched erratic on th e  up-ice side of the 
: : .  aer. Ice f lo w  a w a y  fro m  viewer.  (Photo: D .J.A . Evans)

' - ird  by the ice, and new material is added by 
rmation into the cavity at the upglacier end 

tt. 1962, cited in Eklund and Hart, 1996). (b) 
~ ■. sediment w ithin the cavity can rem ain unfrozen,
 ̂■ -i new sedim ent is added at the dow nglacier end as 
"r cavity is carried forward by ice flow (Fig. 11.8;
■ _iton. 1976; M orris and M orland, 1976; Amark,

■ : Benn, 1994a). Flutings form ed by the second 
_ .nanism  can becom e frozen if  they propagate into

- - - _> w here the base o f  the glacier is below the pres- 
melting point. Flutings com posed o f frozen sed- 

ent have been observed at the margins o f m odern 
. _.:ers (Boulton, 1976; Hart, 1995b).

£•• idence for sedim ent deform ation in flutings is
■ - ■ ided by folds and faults in sorted sediments,

:netic fabrics and clast fabrics (Paul and Evans, 
Boulton, 1976; Benn, 1994a; Eklund and Hart,

1996). A t several sites, converging herringbone fa b 
rics have been reported, in which particles on the 
flanks of flutings tend to be oriented obliquely 
downglacier towards the fluting axis. Benn (1994a) 
showed that in a fluting on the foreland of Slettmark- 
breen, Norway, herringbone fabrics do not conform 
to the ice flow direction recorded by striae on lodged 
boulders w ithin the flute, showing that they record 
patterns o f strain within deform ing till rather than 
shear at the ice-bed  interface (Fig. 11.9). In contrast, 
herringbone fabrics in flutings at Austre Okstind- 
breen, Norway, were interpreted by Rose (1989b) as 
a record o f form er patterns o f ice flow over the bed 
(Fig. 11.10). According to this interpretation, ice 
flow was convergent at the proxim al end of the flut
ing and divergent at the distal end, owing to flow dis
turbances in the basal ice set up by boulders, bedrock 
knobs and boulder clusters at the ice -bed  interface. 
No boulder striation data are available for these 
flutes, but striations on boulders in other flutes on the 
foreland indicate parallel ice flow over the features, 
as for the Slettm arkbreen example (Rose, 1992). The 
Okstindbreen fabrics, therefore, may also record 
oblique strain patterns w ithin till, reflecting stress 
gradients set up in the vicinity o f boulders. An inter
esting discussion o f fabric patterns in flutings and 
their significance has been provided by Eklund and 
Hart (1996).

Benn and Evans (1996) have argued that there may 
be two contrasting types o f fluting: (a) tapering flu t
ings, which becom e lower and narrow er with dis
tance downglacier; and (b) parallel-sided flutings, 
which maintain constant cross-profiles for consider
able distances. Tapering flutings occur on the fore
lands of Slettm arkbreen and Okstindbreen, Norway 
(Figs 11.9 and 11.10), whereas examples o f parallel
sided flutings occur in front o f Breidam erkurjokull 
and Skalafellsjokull in Iceland. In contrast with the 
herringbone fabric patterns in tapering flutings, fab
rics from  parallel-sided flutes may be either parallel 
to the flute axis or converge only slightly downglac
ier (Boulton, 1976; Benn, 1995).

Benn and Evans (1996) have suggested that the 
contrasting forms o f parallel-sided and tapering 
flutes may reflect differences in till rheologv. or 
strain response to stress. Parallel-sided flutes at Brei
dam erkurjokull are com posed o f weak, dilator.: 
deform ation till which can deform  much more r. 
ily than ice (Boulton and Hindmarsh. 198". Be
1995). Therefore, pressure d ifference' 
grooves in the basal ice are equilibrates - ■-
rather than ice creep, so that groove c: - --- 
vented and the fluting can propaga:L- i ’* * :  j . 
the way to the margin. In con tra '.. • *v г
wegian tapering flutes was гг ‘ ~ n и
dilatant, and there is like’.;. : _. . ' « гг
contrast between the '-i-c * :f r  t s  жш n]



:  11.7 Various types of fluting  and their  relationship to  boulders on the glacier bed.  (M o d if ie d  f r o m  G o r d o n  et al., 1992)
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Fig. 11.8 A  m odel of  f luting 
f o rm a t io n  by the subsole 
de fo rm a tio n  of  sediment into 
an advancing incipient cavity. 
(From Benn, 1994a. Reprinted 
by permission of Blackwell)
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megaflute

sample points + 
section trench

Fig. 11.10 (a) The clast fabrics of a fluting superimpose: 
on a megafluting at Austre Okstindbreen, Norway; : 
reconstructed ice flow patterns of the superimposed flutir; 
based upon clast fabrics. (From Rose, 1989b. Reprinted bj 
permission of Elsevier)

fluting formation to be estimated. Rates range from
0.0077 m3 m 2 yr 1 to 0.38 m3 m 2 yr 1 (cubic metre' 
per square metre of bed area per year). Application с:

(Benn, 1994a, b). Therefore, grooves in the basal ice 
may have been able to contract by ice deformation, 
leading to downglacier decay of the flute form. 
According to this view, the length of tapering flutings 
is a function of the relative strain rates of ice and till, 
whereas the length of parallel-sided flutings is the 
product of the ice velocity and flow duration. Fluting 
length, however, is ultimately limited by the position 
of the ice margin relative to the point of initiation.

Flutings have been observed frozen into the base 
of glaciers, leading Gordon et al. (1992) to suggest 
that they may originate by the melt-out of longitudi
nal thickenings of basal debris-rich ice. This implies 
that the characteristics of these flutes are inherited 
from strain patterns in the basal ice layers rather than 
from the ice-bed interface (Rose, 1989b) or subsole 
deformation (Benn, 1994a). However, there is the 
possibility that the flutings described by Gordon et 
al. (1992) were produced by the deformation of 
unfrozen sediment beneath thicker temperate ice and 
then frozen to the glacier sole during ice thinning. 
Annual freezing and thawing cycles have been 
invoked in a variant of the subsole deformation 
m del by Shaw (1985).

The flutings studied by Rose (1989b) at Austre
> ' ‘.indbreen are composed of a distinctive till unit, 

j the rates of sediment transfer involved in

these figures to larger drumlins and flutings at othe- 
locations reveals that subglacial bedforms may be 
created within a period of between 4 and 400 year- 
irrespective of their size, thus indicating rapid devel
opment. It should be noted, however, that these sedi
ment transfer rates are for one glacier at one time 
period, and may not be typical.

An erosional origin has been suggested for some 
flutings. For example, the ‘fluted ground moraine 
described by Prest (1968) consists of ridges wit! 
crests at the same height as the surrounding till sur
face, giving the impression that the flutings are . 
product of the erosion of furrows rather than the con
struction of ridges. Evidence that ‘erosional fluting 
occurs on a small scale is provided by sole marks 
below the bases of some subglacial tills and on some 
recently deglaciated surfaces (Westgate, 1968; Ehler- 
and Stephan, 1979; Shaw, 1982; Hart, 1995b). The>i 
sole marks appear to have been ploughed by clast> 
protruding from the glacier sole, which were draggec 
over the substratum, and clasts tend to occur at the;- 
downglacier ends, in contrast with constructions 
flutings, which commonly have clasts at their upglac- 
ier ends. It is unlikely that this mechanism coulc 
account for any larger flutings exposed on modem 
glacier forelands. Certain crag and tails (Section
9.3.3) can also be regarded as isolated fluting'
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rormed by differential erosion around protecting 
obstacles. Flutings on the foreland o f the southern 
Norwegian glacier Blabreen, which contain cores o f 
^re-existing stratified outwash downflow o f stoss 
■xmlders embedded in the outwash, may possibly be 
explained in this way.

11.2.4 Drumlins, megaflutings and 
mega-scale lineations
Drumlins and mega-scale flutings are among the 
■nost enigmatic o f glacial landforms, and over the 
?ast hundred years a very large body of literature and 
- great many theories o f their formation have been 
published (e.g. Upham, 1892, 1894; Tarr, 1894; 
\lden, 1905; Fairchild, 1929; Czechowna, 1953; 
Menzies, 1984; Menzies and Rose, 1987, 1989). In 
:act, Sugden and John (1976) have gone so far as to 
'tate that ‘there are almost as many theories o f drum- 
лп formation as there are drumlins’ . The problem of 
determining the origin o f large-scale streamlined 
forms stems from the lack o f observations o f analo
gous modern environments, so that researchers must 
base their arguments on the morphology, internal 
composition and distribution o f features that formed 
below long-vanished glaciers, where little is known 
o f former subglacial conditions. Recent advances 
have been made by combining detailed sedimento- 
logical studies o f drumlin composition with modern 
glaciological theory, but many important questions 
remain. Menzies (1979) provided a very thorough 
review of the literature up to the late 1970s. Here we 
concentrate on the more recent literature, focusing on 
the most plausible theories o f formation.

11.2.4.1 MORPHOLOGY

The term drumlin is derived from the Gaelic word 
druim meaning a rounded hill (Close, 1867). A  use
ful general definition o f drumlin form was given by 
Menzies (1979):

typically smooth, oval-shaped hills or hillocks of 
glacial drift resembling in morphology an inverted 
spoon or an egg half-buried along its long axis. Gen
erally the steep, blunter end points in the up-ice direc
tion and the gentler sloping, pointed end faces in the 
down-ice direction, these two ends being respectively 
known as the stoss and lee sides.

Drumlin long axes are oriented parallel to the direc
tion o f ice flow, with higher and wider stoss ends 
which taper down to a pointed lee end. Some typical 
drumlin shapes are shown in Fig. 11.11. Long, nar
row drumlins have been termed spindle forms, and 
broader, often asymmetrical drumlins are known as 
parabolic forms (Shaw, 1983a; Shaw et al., 1989). 
More complex forms also exist, such as transverse

asymmetrical drumlins or superimposed 
consisting o f longitudinal ridges superimpose^ 
transverse or oblique hills (Fig. 11.11b: Rose ar.i 
Letzer, 1977; Rose, 1987b). Compound spines 
drumlins with multiple crests and asymmetrical spin
dle drumlins with overdeepened hollows along one 
margin have been observed in Chile by Clapperton 
(1989) (Fig. 11.12).

With increasing elongation ratios, drumlins grade 
into megaflutings or megaflutes. Using Landsat satel
lite imagery, Clark (1993) has identified particularly 
large mega-scale glacial lineations. These lineations 
are not easily recognizable on aerial photographs 
until they are compared with linear features identifi
able by a distinct grain on satellite images (Fig. 
11.13a). The coverage o f individual aerial pho
tographs is not large enough to view the mega-scale 
lineations, but they often show up as a series o f 
aligned drift mounds (Fig. 11.13b). The lengths of 
mega-scale glacial lineations range from 8-70 km. 
widths from 200-1300 m and spacings from 300 m to 
5 km. One such lineation identified by Clark in the 
James Bay lowlands, Canada, is thought to be the 
largest subaerially exposed ice flow landform in the 
world at 70 km long.

0_____ ]______2 x outcrop of # highest point(s)
_________ km_________________ bedrock___________ of drumlin

(a)
Fig. 11.11
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Fig. 11.11 Typical drumlin and f lu tr : 
shapes in (a) central Finland (from Gluc< 
ert, 1973) and (b) Canada. (From Sha. 
1983a. Reproduced by permission of tbs 
International Glaciological Society)
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Fig. 11.12 Asymmetrical drumlins. Strait of Magellan, 
southern Chile. Ice flow away from viewer. (Photo: D.l. 
Benn)

Num erous indices have been devised to describe 
drumlin m orphology (e.g. M itchell, 1994). Chorley 
1 1959) and Reed et al. (1962) described drumlin 
shapes as lemniscate loops, defined by the relation:

r = a  cos к  (11.2)

where r is the form  o f the loop, a is the long axis 
length, and k is a dim ensionless constant defining 
loop elongation.

The к value is calculated by:

к = a IA A  (11.3)

where A  is the drum lin area.
The various shapes o f stream lined forms were 

regarded by Chorley (1959) as those which presented 
the m inim um  disturbance to the m edium  moving 
around them. He suggested that large к values, which 
are associated with greater elongation, indicate a 
small resistance to flow. They may therefore develop 
where shear stresses are low and basal ice velocities 
are high.

A slightly different approach was taken by R eed et 
al. (1962), who used the rose curve to approxim ate 
the outline o f drumlins:

R = a cos к (И .4 )

A com parison of the lem niscate loop and rose curve 
by Doornkam p and King (1971) showed that rose 
curves provide a much better fit to observed drumlin 
shapes, because they are generally narrower than 
lem niscate loops. Further m athem atical form ulae for 
idealized drum lin shapes are discussed by Smalley 
and W arburton (1994), together with som e interest
ingly ‘off the w all’ ideas of drum lin formation.

11.2.4.2 DISTRIBUTION

A lthough assessm ents of individual drum lin shapes 
are im portant (I.S. Evans, 1987; M ills, 1980, 1987;

(b)

Fig. 11.13 Mega-scale glacial lineations in the James Ba. 
lowlands, Canada, viewed at satellite image and aer a pho
tograph scales (after Clark, 1993). (a) Landsat ~iage ;  ; 
playing strong NNW-SSE-aligned megalineat'c'-; - f - r  
right-hand part, and ENE-WSW-aligned Roge-- t ' =  -- 
the left, (b) Aerial photograph of the ce-:'= ;=~ 
megalineations in the Landsat image shov. '  r — ; — i  - 
eations are not easy to detect at this sea e
postglacial dissection. (Aerial photoc'a: —  : ---- ; -
ment of Energy, Mines and Resource; Z:  - =: -
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Coude. 1989). the analysis of drumlin distributions 
and the relationships between drumlins and other 
landforms tell us more about the evolution of stream
lined shapes and thus the subglacial processes that 
formed them (Trenhaile, 1971, 1975; Menzies, 1979; 
Patterson and Hooke, 1996).

The distribution patterns of drumlins have been 
analysed at several scales. Drumlins tend to be con
centrated in fields, often numbering several thousand 
individuals (Vernon, 1966; Shilts et al., 1987; 
Aylsworth and Shilts, 1989a, b; Haavisto-Hyvarinen 
et al., 1989). Within such fields, drumlins may occur 
in close association with rock drumlins (Section
9.3.2) and Rogen moraine (Section 11.2.5; Fig. 
11.13). Drumlin fields commonly form broad bands, 
aligned either transverse or parallel to former glacier 
flow directions. Transverse fields may reflect zones 
of drumlin formation behind former ice margins, 
whereas longitudinal drumlin fields may mark the 
position of fast ice streams or glacier lobes in former 
ice sheets (Wright, 1957, 1962; Rose and Letzer, 
1977; Jones, 1982; Piotrowski and Smalley, 1987; 
Rose, 1987b; Dyke and Morris, 1988; Goldstein, 
1989; Heikkinen and Tikkanen, 1989; Patterson and 
Hooke, 1996). In the British Isles, drumlins are most 
common in lowland areas or in large valley systems 
which acted as conduits for the evacuation of ice 
from the last ice sheets (e.g. Hollingworth, 1931; 
Clapperton, 1970; Smalley and Warburton, 1994; 
Mitchell, 1994; Fig. 11.14 (Plate 22)). This is not to 
say that drumlins are restricted to lowland terrains, 
and several researchers have stressed that drumlin 
fields cannot be correlated with particular topo
graphic settings or substrate lithologies (cf. Gravenor 
andMeneley, 1958;Aronow, 1959; Reed etal., 1962; 
Hill, 1973; Patterson and Hooke, 1996). Drumlins 
occurring in areas of greater relief are often devel
oped on the lee side of spurs, where they are known 
as drumlinoid drift tails (Embleton and King, 1975; 
Mitchell, 1991). '

Drumlin distribution within a swarm may appear 
to be regular, but is more likely to be random (Smal
ley and Unwin, 1968). However, non-random distri
butions have also been noted in real-world examples 
by Vernon (1966), H ill (1973), Jauhiainen (1975) and 
M ills (1980). The occurrence of bands of drumlins 
lying abreast of one another within drumlin fields has 
been used by Smalley and Piotrowski (1987) and 
Smalley and Warburton (1994) to suggest that they 
reflect a banding of bed properties. The influence of 
pre-existing variations in small-scale topography and 
substrate properties on drumlin distribution has been 
stressed by Boulton (1987) and is discussed in Sec
tion 11.2.4.4. Drumlins are found on a wide variety 
: substrata. In a review of the literature, Patterson 

Hooke (1996) found that unconsolidated sedi- 
~er.:s make up 34 per cent of drumlin substrata, 18

per cent being till and 16 per cent being strati 
sediments. The remaining 66 per cent are r 
divided between shales and slates ( 3 ) ,  crystal! 
rocks ( 3 ) ,  carbonates (5), and sandstones, conglo 
ates and basalts. Menzies (1979) has pointed out 
factors such as joint and fracture systems, depth 
weathering, lithology and mineralogy need to 
assessed when making generalizations about s 
strates and drumlin occurrence (Jahns, 19- 
Virkkala, 1963; Feininger, 1971; Trainer, 1973).

Patterson and Hooke (1996) have argued t 
drumlins form in areas where basal shear stresses 
low and porewater pressures are high. They fou 
that, in situations where it is possible to reconstr 
the ice-surface form for particular drumlin-formi 
events, reconstructed basal shear stresses fall in t 
range 11-35 kPa. Interestingly, this range is close 
similar to that for modern glaciers known to 
underlain by deforming substrata. Patterson 
Hooke also argued that drumlins commonly oc 
upglacier from ice-thrust landforms thought to ĥ  
formed at frozen glacier margins. They argued ti
the presence of a frozen toe would have blocked sur- 
glacial drainage, leading to elevated porewater pre 
sures. As they point out, high porewater pressures arz 
compatible with low bed strength and low she. 
stresses. It should be noted, however, that neither fc * 
mer shear stresses nor basal water pressures ar* 
known for the vast majority of drumlin fields, a-. 
that generalizations are probably premature.

Several studies have assessed the morphometry 
drumlin fields, including characteristics such . 
drumlin spacing, density and distribution, and th_ 
variation within and between fields (Jewtuchowk; 
1956; Gravenor and Meneley, 1958; Reed et a.. 
1962; Heidenreich, 1964; Vernon, 1966; Baranows- 
1969; Barnett and Finke, 1971; Doornkamp an. 
King, 1971; Trenhaile, 1971, 1975; Hill, 19"i- 
Crozier, 1975). Drumlin spacing, defined as the pe~- 
pendicular distance between adjacent drumlir 
(Reed et al., 1962), may exhibit normal or mult 
modal distributions for individual fields, and 
highly variable between fields. Such inter-field var 
ability indicates that the glacial processes respond 
ble for drumlin formation differ according to locati 
(Menzies, 1979). Drumlin density, the number 
drumlins per unit area, varies from 19.3 km " i: 
Appleby, England, to 1.8 km " in Nova Scoti- 
Canada (Gravenor, 1974; Menzies, 1979), but grei 
variability may occur within individual fields (Ree. 
et al., 1962; Vernon, 1966; Doornkamp and Kir.; 
1971; Hill, 1973; Jauhiainen, 1975). In New Yor« 
State, for example, drumlin densities range from 3.3* 
to 8.39 knT“ (Miller, 1972). Drumlin densities m_ 
decrease or increase in a downglacier direction (e.; 
Fairchild, 1929; Hollingworth, 1931; Charleswor.r 
1957; Smalley and Unwin, 1968; Hill, 1973 •
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. rh Menzies (1979) suggested that measure- 
jB*rt> of drumlin density are not instructive unless 
в*r _re put into the context of the local topography, 

j . _nnot be assumed that drumlins within a swarm
• - >\ nchronously deposited, or that their forms
• n equilibrium with the most recent glacial
• : Evidence for time-transgressive (diachronous) 

Л гу '/.ion of drumlins within individual drumlin 
ie«. n Ireland has been presented by Synge and 
■erctens (1960), Vernon (1966) and Hill (1971).
■•г? recently, Mooers (1989b) has argued that 

|§ i_ ns in central Minnesota, USA, were formed
■ . entally during retreat of the Superior lobe of 
fee - -.trentide ice sheet, with active drumlin forma- 
:> r '.jurring only in a 20-30 km wide zone below 
fee _rgin. Similarly, Patterson and Hooke (1996) 
k it e  ±at drumlins commonly occur in transverse 
ftBl rehind former ice-margin positions during glac- 

r  ' . “ eat. It is now generally accepted that over- 
; of one set of drumlins on top of another can 

№  - m ice-divide migration, which is a response 
«r - • _ rges in the overall shape of the ice sheet. Pre
en. ■ t rms may be completely obliterated, or they 

wm> - _rvive as remnant hills or buried till stratigra- 
* 1» Stea and Brown, 1989; Section 12.4). The 
a t  •_ ;:ng of pre-existing forms and sediments is 
■fc—'--i to as drumlinization.

: - з  c o m p o s it io n

Ih r . tnposition of drumlins and megaflutings is 
b k . Ttely varied. Some have rock cores mantled by 
I -4 _. ~  cial carapace of till, which surrounds the 
m ■. -e an eggshell (e.g. Hart, 1995b), but most are 
sait '■ <ed entirely of unconsolidated sediments, 
'tar-' researchers have reported drumlins with cores 

F m -ed sediments covered by a till carapace 
1958; Aronow, 1959; Kruger and Thomsen, 

Ив-. Boulton, 1987; Boyce and Eyles, 1991; 
j f c "  e et al., 1993). In some cases, the sediment 
.aare . ;~rlv consists of overridden pre-existing mate- 
*— r.g. Kruger and Thomsen, 1984; Boyce and 
fci:--. .991), but in others the age relationships 

ter . -orted sediments and drumlinization are not 
b i r  us. Some researchers have suggested that 
■n. - -ediments within drumlins were deposited 
яип - r ^raneously with drumlin formation (e.g. 
■to. • jid  McCabe, 1983, 1987; Dardis, 1985, 
И в " Hanvey, 1987, 1989; Dardis et al., 1984; 
■Ы and Dardis, 1989; Shaw et al., 1989; Shaw,

. Sediment cores may be undeformed, or dis- 
pfe» . г lex deformation structures such as over- 
h J» -~J thrusts (e.g. Slater, 1929; Jewtuchowicz, 
f t ? ' vruger and Thomsen, 1984; Stanford and 
H e - . - r. 1985; Boulton, 1987; Wysota, 1994). 
Слг - . \ deformed sorted sediments have been 

Hfefe~ rrom megaflutings in North Dakota, USA,

by Bluemle et al. (1993). Drumlins and megaflutings 
may also consist entirely or predominantly of till 
(e.g. Gravenor and Meneley, 1958; Newman and 
Mickelson, 1994; Nenonen, 1994).

Till fabric studies commonly show systematic 
variations in the preferred orientation of clasts in 
individual drumlins, revealing former patterns of ice 
flow or sediment deformation. Fabrics from surface 
tills tend to be parallel with the former ice flow direc
tion on the top of drumlins, but parallel to the con
tours on the flanks, suggesting divergent ice or till 
flow at the stoss ends and convergent flow at the lee 
ends or tails of the obstacles (e.g. Andrews and King, 
1968; Savage, 1968: Kruger and Thomsen, 1984). 
Within till cores, fabrics may bear no relationship to 
drumlin form, and appear to record till accretion 
prior to drumlinization (e.g. Gravenor and Meneley, 
1958; Grant, 1975; Stea. 1980: Stea and Brown, 
1989; Newman and Mickelson, 1994). Fabric pre
ferred orientations can vary upsection within drumlin 
cores, probably as a result of changing ice flow direc
tions during till accretion (H ill, 1971; Pessl, 1971; 
Stea and Brown, 1989).

11.2.4.4 PROCESSES OF FORM ATION

Many theories of drumlin and megafluting formation 
have been proposed over the past century, and as 
research on subglacial processes has advanced, so 
older theories have been cannibalized for spares, and 
the most feasible aspects have been built into new 
theories. A  thorough review of the history of ideas on 
drumlin formation is beyond the scope of this book, 
but good reviews and bibliographies of the earlier lit
erature have been provided by Menzies 1 1979. 1984).

In essence, drumlins and megaflutings can be 
explained as the result of either (a) erosion of the 
intervening hollows, (b) accretion of sediment in 
hills, or (c) some combination of the two. Erosion of 
material from hollows and swales could produce 
drumlins from the remnants of formerly more exten
sive pre-existing sediments. Early proponents of 
drumlin accretion argued that drumlins may be built 
up by the successive additions of till as a series of 
concentric shells (e.g. Fairchild, 1929; Flint, 1947). 
This model can explain only those drumlins consist
ing of concentric layers of till, or rock-cored drum- 
lins with a till carapace; it cannot account for the 
occurrence of sorted sediments within drumlins. Fur
thermore, it does not address the question of why 
drumlins should begin to grow in some areas but not 
others. Many other mechanisms of sediment accre- 
tion have been proposed, including different: - em
inent dilation (Smalley and Unwin. 196S . rro't 
heaving (Baranowski, 1969), and depositi r. be 
hypothetical helicoidal flow cells in r_ '_  .. '  .. 
and Freschauf, 1973). Modem re-e_r. - --
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that such models are physically implausible, and they 
find little support today.

The most widely accepted model of drumlin for
mation is based on recent ideas of sediment erosion 
and redistribution within subglacial deforming layers 
Boulton, 1987; Sections 4.4 and 5.6). According to 

this model, regions within a deforming layer that are 
stronger or stiffer than average will remain static or 
deform slowly, in contrast with the intervening 
weaker areas, which will undergo higher strain rates. 
The evolution of an inhomogeneous bed under this 
process is illustrated in Fig. 11.15. In this example, 
the initial bed consists of gravel bodies within finer- 
grained sediments. The gravel bodies are permeable 
and well drained, leading to low porewater pressures 
and high sediment strength, whereas the finer- 
grained intervening areas are less well drained and 
consequently weaker. There is therefore a spatially

variable bed response to glacially imposed stresses: 
the gravel bodies form rigid or slowly deforming 
cores, whereas the finer-grained material is more 
likely to undergo pervasive deformation, forming far- 
travelled sheaths of highly attenuated glacitectonite 
or deformation till around the stiffer cores. Stream
lining of the residual gravel bodies forms drumlins. 
which are essentially equivalent to boudins in meta- 
morphic rocks. Note how the flow lines around the 
drumlins come to resemble the till fabric pattern' 
found in drumlin carapaces (Section 11.2.4.3).

Over time, some cores may become demoted anc 
mobile, although still moving more slowly than thu 
surrounding weak sediment (Fig. 11.16g, h). Wher 
cores have been transported from their original posi
tions, the initial distribution of deformable and non- 
deformable materials on the substrate may b; 
impossible to reconstruct. Derooted cores are als<

Fig. 11.15 Hypothetical example of drumlin formation as a res- 
of the contrasting rheological properties of sediment overidden bi 
a glacier: (a) initial distribution of coarse-grained proglacial o_- 
wash; (b), (c) the progressive development of drumlins fro- 
coarse-grained sediment masses, with rapid deformation of thr 
intervening weaker sediments. (From Boulton, 1987. Repoduce: 
by permission of Balkema)
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characterized by highly deformed stratigraphies, 
whereas stable cores reveal very little deformation.

Boulton’s (1987) theory appears to explain the 
data available on drumlins with cores of rock, till 
and stratified sediment. Cores of rock and consoli
dated till can form stiff, resistant regions around 
which sheaths of deforming sediment can flow. 
Well-drained stratified sediment will also form 
resistant cores and may reveal very few signs of dis
turbance despite having been overridden by glacier 
ice (Fig. 11.16i). Modern Icelandic examples of 
drumlins formed from pre-existing glacifluvial sedi
ments have been described by Kruger and Thomsen 
(1984) and Kruger (1994). The drumlins formed 
from an inter-stream area of coarse bar deposits 
which acted as a subglacial obstacle. Signs of dis
turbance in stratified cores are commonly best 
developed in the tail of the drumlin (Evenson, 1971; 
Whittecar and Mickelson, 1979; Stanford and Mick- 
elson, 1985; Stephan, 1987) where, Boulton (1987) 
suggests, strong convergence should dominate dur
ing drumlin formation. That stratified sediments can 
resist very high stresses during glacial transport and 
can retain much of their original structure is illus
trated by the presence of undeformed boudins in 
glacitectonites (Hart and Roberts, 1994; Hart, 
]995a, 1996; Benn and Evans, 1996). General 
descriptions of drumlin sediment, as reviewed by 
Karrow (1981), suggest that drumlins tend to form 
in sandy rather than clay-rich tills. Boulton (1987) 
considered this to be compatible with his theory 
because the coarser-grained sediments are better 
drained and more likely to form resistant cores. 
Resistant cores composed of a wide range of sedi
ment types as well as coarse-grained materials were 
reported from the Peterborough drumlin field. 

Canada, by Boyce and Eyles (1991), who suggested 
:hat hollows between the cores were eroded by 

e\cavational deformation (Section 5.6.1).
Boulton (1987) used the drumlins of northern 

Saskatchewan to illustrate his theory (Fig. 11.17). 
>everal of these drumlins appear to be connected and 
: form traces of shear folds on a horizontal plane. 
Boulton suggested that the barchanoid bodies repre- 
-rnt competent, stiff sediment cores and the limbs 
'.-present attenuated deformable sediment. Interest
'd}. Shaw (1989) cited this same drumlin field as 

_ idence for a completely different theory of drumlin 
: rmation (Section 11.2.6).

According to Clark (1993), mega-scale glacial 

neations form by differential patterns of subglacial 
-ediment deformation set up by variations in bed 
. naracteristics, and their great length reflects rapid 
je flow and/or long periods of time for develop
ment. Using late Quaternary chronologies for the 

.\imes Bay lowlands, which contain mega-scale 
glacial lineations produced by the former Laurentide

ice sheet, Clark (1993) calculated typical maximum 
estimates of the periods of time available for the 
production of these large streamlined landforms ar.d 
concluded that they are produced by fast glacier 
flow (400-1600 m yr ’), at velocities typical of 
modern ice streams. Former ice streaming has been 
invoked by D.J.A. Evans (1996) to explain mega- 
flutings more than 50 km long in southern Alberta. 
Canada. The production of mega-scale lineations 
over long periods of time (low velocity/high dura
tion) rather than during fast flow phases (high veloc
ity/low duration) is becoming less acceptable as an 
explanation as more evidence for dynamic and un
stable ice sheets is uncovered (cf. Dyke et al., 

1982b; Andrews et al., 1983; Dyke and Prest, 1987; 
Boulton and Clark, 1990a, b).

Stratified sediments in numerous drumlins in Ire
land have been interpreted as subglacial glacifluvial 
deposits, rather than pre-existing sediment cores 
(Dardis and McCabe, 1983, 1987; Dardis et al., 

1984; Dardis, 1985, 1987; Hanvey, 1987, 1989; 
McCabe and Dardis, 1989; Dardis and Hanvey, 
1994). These authors argue that downglacier-dip- 
ping, sorted sediments exposed near the lee side of 
drumlins are contemporaneous with drumlin stream
lining, and were deposited as lee-side stratification 

sequences in water-filled cavities. Thus, according to 
this model, the drumlins behaved rather like roches 
moutonnees with lee-side cavities, in which water- 
sorted sediments were deposited (Fig. 11.18; Section 
11.2.7). Subglacial shearing is thought to modify 
drumlin form during and following lee-side deposi
tion, deforming the upper stratified beds, forming a 
till carapace, and then producing a streamlined form. 
The evolution of the sediment sequences in the Gal
way Bay drumlins in Ireland is explained by McCabe 
and Dardis (1989) as their being the products of sub
aqueous glacimarine sedimentation followed by 

drumlinization. Water throughflow and escape struc

tures in the drumlin sediments are explained by 
McCabe and Dardis (1994) as products of the release 
of glacitectonically induced high porewater pres
sures, which were elevated during glacier overriding 

of drumlin stoss sides. This model of drumlin modi
fication by subglacial meltwater has some similari
ties with controversial ideas developed by John Shaw 
and co-workers in Canada, who attribute drumlins 
and megaflutings (and many other types of glacial 
landforms) to catastrophic subglacial megafloods. 
The megaflood hypothesis is considered in Section 
11 . 2 . 6 .

11.2.5 Rogen moraine
The term Rogen moraine was introduced by 
Lundqvist (1969) to describe the distinctive morainic 
landscape around Lake Rogen in Sweden (Fig. 11.19;



Fig. 11.16 Summary schematic diagram showing drumlin-forming processes, internal structures and distribution patter-, 
according to the deforming bed model, (a), (d) Streamlined nose builds up on the proximal side of a laterally extens;.; 
bedrock step, (b), (e) Streamlined tail builds up on the distal side of a bedrock knob, owing to enhanced flow around tN  
flanks. The drumlin forms a standing wave when the subglacial sediment is thick, although sediment does move through tf - 
drumlin. When subglacial sediment (drift) patches move over the rock substrate, the drumlin can move past the retard -: 
knob, (c) Drumlin noses build up on the proximal side of a step of uniform height. The locations of noses reflect subglac ; 
sediment 'streams'. Where gaps occur in the scarp, sediment streams over and flows into low-pressure points in the lee : 
the inter-gap knobs, (f) Subglacial sediment patches moving over bedrock are retarded by crags to produce crag and ta s 
and detached tails, (g), (h) Drumlins initiated by stiff sediment obstacles that form deforming cores and which may be fixe: 
or mobile, (i) Drumlins initiated by stiff sediment obstacles which form rigid, fixed cores. Weaker sediment to either side s 
e'cded by subsole deformation, (j) An example of how drumlin distribution patterns can reflect original sedimentary inh: 
-:geneities (e.g. coarse gravels at ice-contact outwash fan apices and gravel bars). Such drumlins can become derooted a ':  
- : :  e. -rom Boulton, 1987. Reproduced by permission of Balkema)
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Lundqvist, 1989a). It is applied to fields of coales
c e d  crescentic ridges up to 30 m high and up to 
100 m wide lying transverse to former ice flow. The 
arcuate forms are aligned with their outer limbs bent 
downglacier. In North America these features are 
usually referred to as ribbed moraine (Lee, 1959; 
Hughes, 1964; Cowan, 1968; Aylsworth and Shilts, 
1989a, b). Fields of Rogen moraine in Scandinavia 
Lundqvist, 1969) and in Labrador/Quebec and New

foundland, Canada (Bouchard, 1989), lie in elongate 
depressions, but similar linear fields of Rogen 
moraine in Keewatin, Canada, appear to be indepen
dent of topography, although local relief is very 
slight (Aylsworth and Shilts, 1989a). Individual 
Rogen ridges have asymmetric profiles with shallow 
up-ice and steep down-ice flanks, giving the impres- 
-ion of a fish-scale texture in aerial photographs 
Shilts, 1977; Shilts et al., 1987; Aylsworth and 

Shilts, 1989a).
An important characteristic of Rogen moraines is 

:heir gradual transition into, or association with, 
drumlins or megaflutings (Figs 11.13 and 11.20). 
Rogen moraines in topographic basins commonly 
rass into drumlins on topographic highs (Markgren 
—~.d Lassila, 1980; Lundqvist, 1969, 1989a),
- '.hough Lundqvist (1989a) and Aylsworth and 
Shilts (1989a) pointed out that both landforms can 
-l>o occur in association on flat ground. Aylsworth

Shilts (1989) further point out that Rogen 
~ raine does not grade into drumlins in Keewatin 
' lies alongside them with an abrupt boundary. The
- >e association between Rogen moraine and drum- 
i '.  together with zones of transition between the

1 forms, suggests that they may be deposited con- 
. —.poraneously by similar subglacial processes.

Rogen moraines are composed of a variety of sed- 
~ent facies, including massive and laminated 

: -micton, gravels, sands and silts, which commonly 
■: л evidence of deformation. In Sweden, Rogen

raines contain characteristic associations of lami- 
■ _:ed tills with attenuated interbeds of sorted sedi
ments known as Kalix till (Beskow, 1935; Lundqvist, 

-59) and Sveg till (Shaw, 1979; Dreimanis, 1989; 
L_ndqvist, 1989c). Laminae are wrapped around 
_'ge clasts and augen-like inclusions, and the whole 

~ass is deformed by folds and thrust planes that 
■ecord downglacier overturning and transport (Fig.

1.21: Shaw, 1979; Bouchard, 1989). Similar facies 
-"ociations in Rogen moraine in Newfoundland 
~ave been described by Fisher and Shaw (1992), 
-1 though other associations also occur in this area, 
'.eluding disturbed masses of crudely bedded grav- 

:1s and stratified stony diamicton.
Various theories of Rogen moraine formation have 

~een proposed, and were summarized by Lundqvist 
1989a). Most of these theories are either implausible 
r cannot explain all the characteristics of Rogen

moraine, and here we concentrate on two. in', л 
formation by; (a) deformation of debris-rich ice: _ 
(b) deformation of pre-existing bed materials. The 
debris-rich ice model proposes that Rogen morair.e is 
composed of thrust slices of basal ice. stacked up - 
compressive flow beneath the glacier (Fig. 11.22 
Such thrusting is thought to occur in topographic hol
lows where ice flows against obstacles on the bed. or 
at the junction between warm-based, sliding ice 
located upglacier and cold-based ice downglacier 
(Sugden and John, 1976; Shaw, 1979; Sollid and Sor- 
bel, 1984; Bouchard, 1989). Shaw (1979) argued that 
this model is supported by the characteristics and 
structure of the Sveg tills, which he interpreted as 
basal melt-out tills derived from folded and dislo
cated debris-rich ice. According to this model, there
fore, the distinctive Rogen moraine morphology is 
inherited from stacked slices of basal ice, and the 
internal structures and sedimentology preserve the 
former englacial deformation structures. Under this 
model, the tendency for Rogen moraine to occur in 
topographic lows, with a transition to drumlins on 
topographic highs, has been interpreted as the result 
of a transition from compressive to extending flow at 
the glacier bed.

The bed deformation model was proposed by 
Boulton (1987), who interpreted Rogen moraines as 
part of a continuum of streamlined forms resulting 
from subsole sediment deformation. According to 
Boulton, Rogen moraines represent early stages of 
the drumlinization of transverse ridges of sediment 
on the glacier bed, and they can develop from drum
lins following a change in glacier flow direction (Fig.
11.23). The deformation of weak bed materials 
around transverse ridges results in the preferential 
downglacier transport of the extremities of the 
features, producing the characteristic concave- 
downglacier planform. Different rates of sediment 
transport within the ridge cause fragmentation of the 
original ridge, creating numerous short crescentic 
ridges. The shape of Rogen moraines is thus regarded 
as analogous to that of barchan dunes. Boulton 
argued that continued attenuation of Rogen moraines 
will result in barchanoid drumlins, then ellipsoidal 
drumlins, then flutings, as the bed adjusts to the new 
ice flow conditions. Thus, Rogen moraines and flut
ings are regarded as end-members of a continuum of 
bedforms, representing an evolutionary time series. 
Spatial transitions between moraine types can there
fore be explained in terms of variations in the cumu
lative strain experienced by the bed materials, 
reflecting variations in basal ice velocity and bed 
strength.

Boulton (1987) did not consider the internal com
position and structure of Rogen moraines, but the 
published evidence does appear to be consistent 
with his model. The Sveg tills (Fig. 11.21) appear to
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Fig. 11.17 The Livingstone Lake drumlins, Saskatchewan, (a) Aerial photograph of parabolic, transverse asymmetrical a-: 
spindle drumlins, northern Saskatchewan (ice flow from bottom left, which is from the north-east); (b) sketch of the dru~ 
lins and eskers from the aerial photograph (from Boulton, 1987). The shapes are thought to represent fold traces and t-u 
major drumlins represent stable sediment masses around which other material has deformed to produce attenuated f o : 
limbs. A transverse lineation occurs between 16 and B9, documenting a possible earlier ice flow directional indicator (fluti' : 
which has been partially remoulded, (c) Aerial photograph of transverse asymmetrical drumlins, northern Saskatchev.s- 
(Aerial photographs by the Department of Energy, Mines and Resources, Canada. Reprinted by permission of Balkema)

be very similar to glacitectonites formed by the 
shear and attenuation of pre-existing sediments 
(Section 10.3.3; Hart and Roberts, 1994; Benn and 
Evans, 1996), and so may record strain within the 
bed rather than within debris-rich ice. Clearly, re
examination of the sedimentology of Rogen 
moraine will be required to resolve the problem of 
their origin.

The idea that Rogen moraine can be formed by 
' .."'glacial megaflood events is considered in the fol- 
. ■■■. ing section.

11.2.6 Megaflood hypothesis for 
subglacial bedform genesis
Drumlins, Rogen moraines and flutings, togetr.' 
with tunnel valleys and many bedrock erosiorJ 
forms, have been radically reinterpreted by Jom 
Shaw and co-workers, who emphasize the role :i 
subglacial meltwater erosion and deposition. Acc- :. 
ing to this model, drumlins and Rogen moraines rep
resent the infillings of giant scours cut upwards rM  
basal ice by large subglacial floods (Fig. I I  1- 
Shaw, 1983a; Shaw and Kvill, 1984). In suppor. *
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Fig. 11.18 A depositional model for water throughflow in 
the Kanrawer drumlin, Ireland. Zone A is a glacitectonic 
shear zone, Zone В is dominated by glacitectonic shunting, 
diamict disaggregation and tortuous water throughflow, 
Zone С is characterized by water throughflow along bed 
discontinuities and vertical escape routes. Zone D repre
sents points on the drumlin surface where the water 
expelled from the drumlin excavates channels along the 
soft bed of the ice-substrate interface, and Zone E is where 
water escape routes form interconnecting passages to lee- 
side cavities. (Modified from McCabe and Dardis, 1994)

Fig. 11.19 (b)
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11.19 Rogen moraine, (a) Type area around Lake 
■e:^- Sweden. (Photo: Jan Lundqvist, 1963) (b) Rogen 
* : ~s near Rankin Inlet, NWT, Canada, giving the land 
ki*;:r a fish scale appearance, (c) Rogen moraine in NWT, 

fc*ac3. (Photographs provided by the Department of 
:. Mines and Resources, Canada)

this idea, they cited the striking similarity of form с: 
subglacial bedforms and scour marks made at the 
base of turbulent underflows, arguing that these 
forms share a common origin (Fig. 11.25). Further
more, Shaw (1983a), Shaw and Kvill (1984) and 
Sharpe (1987) suggested that the waning stage of the 
flood events fills the eroded cavity with stratified sed
iments, apparently explaining the occurrence of 
undisturbed stratified sediments whose bedding con
forms to the surface shape of the landform. The 
integrity of the stratified sediments and the lack of 
glacitectonic structures was interpreted as evidence 
that the material has not been subject to high stresses 
in the subglacial environment. This interpretation of 
stratified sediments in subglacial bedforms clearly 
conflicts with that of Boulton (1987), who viewed 
them as cores of pre-existing material. As shown in 
Section 11.2.4.4, however, well-drained stratified 
cores need not undergo significant glacitectonic 
deformation if they are strong enough to withstand



(b)
Fig. 11.20 Transitional sue- 
glacial bedforms produce: 
beneath the Keewatin sectc- 
of the Laurentide ice sheet, (a 
Flutings transitional to Roge~ 
moraine, Dubawnt Lake (ice 
flow from right); (b) druml'- 
ized Rogen moraine (ice flc . 
from top). (From Aylswor- 
and Shilts, 1989a. Aerial ph: 
tographs provided by the 
Department of Energy, Mire, 
and Resources, Canada)

Fig. 11.21 Laminated diamicton (Sveg till) exposec - 
Rogen moraine near Sveg, Sweden. (Photo: J. Lundqvist
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(b)

Fig. 11.22 The sequential evolution of Rogen moraine and associated deposits: (a) from Shaw (1979) (Reproduced by pe
rmission of Scandinavian University Press); (b) modified from Bouchard (1989)

iii) iv)
—  Time or distance sequence

Resistant core

formed in 
stage 1

centre

Ice
centre

2

Ice centre shift

Stage 1 drumlins 
realigned in stage 2

Fig. 11.23 A schemat : 
reconstruction of the pro
gressive transformation c* 
flutings to Rogen moraine 
and drumlins by subglacia 
deformation, (a) i) Origins 
flutings produced by ea-- 
lier ice flow direction; ii-i 
Rogen moraine stage; iv-v 
drumlin stage. This can fce 
a time sequence or a dis
tance sequence, (b) Expla
nation of the change in ice 
flow direction in (a) by a 
shift in the ice disperse 
centre. (From Boultor 
1987. Reproduced by pe-- 
mission of Balkema)

deformation if they are strong enough to withstand 
the stresses applied by overriding ice.

Shaw et al. (1989) and Shaw (1993) have 
expanded the megaflood hypothesis by suggesting 
that it can explain the form and internal structure of 
till-cored drumlins and flutings. In this variation, the 
subglacial meltwater excavates the substrate between 
the bedforms, so that the drumlins or flutings are ero
sional remnants of pre-existing sediments. In this 
case, a form analogy is made between drumlin mor
phology and the lemniscate loops and streamlined 
forms of the fluvially eroded loessic hills of the 
Missoula Scablands (Section 9.3.4.4). Thus, the 
r.egaflood hypothesis attempts to explain the diverse 
_ .^cteristics of subglacial bedforms by different

- - -_nisms. If  bedforms contain sorted sediments,

they are interpreted as scour inflllings; if they do no: 
they are interpreted as erosional remnants which sur
vived the flood. It is therefore an example of ar. 
unfalsifiable hypothesis: no matter what the evi
dence, a way can be found to explain it in terms с 
the flood. As such, it is not a testable scientific the
ory, but a body of ideas that could conceivably ha\ e 
produced drumlins, Rogen moraine and other lanc- 
forms.

Nevertheless, much, if not all, of the evidence 
cited in favour of the megaflood hypothesis can be 
satisfactorily explained in terms of Boulton’s bee 
deformation model. For example, the Athabasc. 
giant flutings in Alberta, Canada, were used as evi
dence for the fluvial erosional hypothesis, becausr 
they contain interbedded and disturbed tills and strax-
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Fig. 11.24 A model for sub
glacial landforms produced 
by subglacial sheet floods. 
(From Fisher and Shaw, 1992. 
Reproduced by permission of 
the Canadian Journal o f Earth 
Sciences)

a (b)

'  g. 11.25 Streamlined erosional marks associated with turbidites: (a) narrow, parabolic and spindle flute casts; (b) longitu- 
: "al obstacle scour moulds cut behind small tool marks. The arrow indicates flow direction. (From Dzulinski and Walton,
-965)

ied sediments. However, the sediments have all the 
- naracteristics o f glacitectonite (Section 10.3.3), and 
'.herefore are just as likely to have been produced by 
'-lbsole deformation. Clearly, form analogy is not 
always a satisfactory criterion upon which to base 
genetic interpretations. Streamlined and rippled 
forms are produced in a wide range o f environments 
w herever two media shear past one another, and can 
be observed in cloud formations, river’ beds, wind
blown sand dunes and snow, at the base o f turbidity

currents and other mass movements, and on glacier 
beds. The use o f sole marks beneath turbidites as 
analogues for drumlins involves a major leap o f faith, 
given the huge difference in the scale o f the features. 
Much remains to be learned about the dynamics o f 
shear in the subglacial environment, but it is clear 
that the coupled shearing o f basal ice and glacier sub
strata, and slip at the ice-bed interface, can produce 
a variety o f streamlined, transverse and non-aligned 
forms. Processes o f ice creep, basal sliding and bed
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deformation are now well known, so that the bed 
deformation theory of drumlin and Rogen moraine 
formation is based upon well-founded physical prin
ciples. In contrast, the megaflood hypothesis relies 
upon form analogies and largely untested numerical 
modelling (Shoemaker, 1992a, b, 1994; Walder, 
1994), and must also identify a source for the very 
large subglacial discharges required to create the 
large drumlins and Rogen moraine.

The megaflood hypothesis requires vast amounts 
of water to produce the extensive drumlin fields in 
places such as Livingston Lake, northern 
Saskatchewan, studied by Shaw (1983a) and Shaw 
and Kvill (1984). Thus, possible reservoirs need to 
be identified and confirmed by independent evi
dence. Shoemaker (1991, 1992a, b) has proposed a 
possible meltwater source at the centre of the Lau- 
rentide ice sheet, but this has raised several problems, 
and the idea is not taken seriously by most 
researchers (Section 9.3.4.4). However, it may not be 
wise to dismiss out of hand the idea that certain sub
glacial bedforms may have been created by large, 
transient drainage events. Subglacial drainage of 
large ice-marginal, supraglacial and subglacial lakes 
is well known from modern environments, and there 
is strong evidence that in some cases water is carried 
in distributed systems rather than conduits (Section
3.5.2). It is also clear that some Pleistocene jokulh- 
laup events were of a much higher magnitude than 
any observed in historical times (Sections 1.7.2.4 and 
9.3.4.4). The megaflood hypothesis, however, must 
be rigorously tested by critical analysis of the mor
phology, internal structure and sedimentology of 
drumlins and Rogen moraine, and the consideration 
of all possibilities for their explanation. Successful 
resolution of the deforming bed/megaflood debate is 
clearly within the capabilities of glacial geologists.

11.2.7 Lee-side cavity fills
In Section 11.2.3, we saw how flutings can form 
beneath modem glaciers by the deformation of satu
rated till into cavities on the lee side of boulders and 
other obstructions. Sediments are also deposited in 
lee-side cavities on hard rock beds, but by different 
processes. On hard beds, cavities cannot close by bed 
deformation, and their size is determined by the 
velocity of the ice, the effective normal pressure, and 
the shape of the obstruction (Sections 3.2.4.1 and
3.4.4; Boulton, 1982). Such cavities can fill with sed
iment as debris falls from the roof or is washed in by 
meltwater (Fig. 5.26; Sections 5.5.3 and 10.5.2.3). 
The sediment assemblages produced in the lee of 
bedrock obstacles have been termed lee-side tills by 
Hillefors (1973). The accumulation of sediments in 
r:--'ide cavities tends to flatten out irregularities on 

bed. producing landforms such as depositional

crag and tails (Fig. 11.26; Theakstone, 1967; V ivL\ 
1975; Boulton, 1979, 1982).

Sedimentological evidence for ancient lee-si^ 
tills in the Canadian Rocky Mountains has been pr - 
vided by Levson and Rutter (1986, 1989a, b), whг 
described massive diamictons with rare, steeply do
ping sand and gravel lenses located on the lee side ■ 
bed obstructions. The clasts within the diamicton 
striated and possess a strong fabric with a domin  ̂-: 
downvalley plunge of а-axes, and the sand lens: - 
also dip consistently in a downvalley direction. T 
sediments are truncated by an overlying lodgemc i 
and melt-out till sequence, suggesting that the glac . i 
eventually contacted the lee-side till once the ca\ > 
was full.

11.2.8 Crevasse-fill ridges
The term crevasse filling  was first used by FI i 
(1928) for sediments filling all types of supraglac _ 
depression, and the idea that ridges could be forir 
by flowage or squeezing of subglacial till into b i 
crevasses was introduced by Gripp (1929). B_ 
crevasse-fill ridges have been reported from a n. 
ber of recently deglaciated glacier forelands (Hopr 
1952a; Okko, 1955; Mackay, 1960; Galon, 19" 
Mickelson and Berkson, 1974; Haselton, 19“ 
Clarke et al., 1984a). Examples from Bruarjokui 
surging glacier in Iceland, are shown in Fig. I l l *  
The most thorough study of crevasse-fill ridges 
by Sharp (1985a), who examined recently exp 
examples from the foreland of Eyjabakkajokull. 
Icelandic surging glacier. The features are 1-1 
high till ridges which overlie fluted basal till, 
ridges could be traced into the glacier snout, w 
they continued as crevasse traces, and often emer. 
on the wasting glacier surface as debris dykes, 
ridges are arranged in a pattern that mimics the r 
and transverse crevasse patterns on the glacier sn 
The ridges have three different types of junction

Fig. 11.26 Crag and tail forms: (a) erosional for— 
bedrock; (b) cavity fill form in lee of rock knob. Ice * : 
from left to right
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Fig. 11.27 Crevasse-squeeze ridges at the margin o f Bruar- 
jokull, Iceland. These diamicton ridges were squeezed up 
into basal crevasses during the fina l stages o f a surge o f the 
glacier in 1963. Note how the ridges can be traced in to  the 
glacier snout, where they continue as crevasse traces. 
A lthough many o f these forms appear to  be random hum
mocks, they appear as linear forms on aerial photographs. 
(Photo: D.J.A. Evans)

flutings on the till surface: (a) flutings exhibit strike- 
slip displacement along the line of ridges; (b) flutings 
pass undisturbed through ridges; and (c) flute crest- 
'ines rise to intersect ridge crests. These relationships 
indicate that the ridges were formed after or simulta
neously with the flutings. In the first case, flutings 
appear to have been displaced along the line of 
:revasses while still enveloped by basal ice; in the 
-econd, the ridge appears to have been superimposed 

the fluting; and in the third, both fluting and ridge 
■ ere apparently squeezed up into a crevasse. The till 
_king up the ridges is massive, but clasts tend to 

. at steep angles, suggesting that the surrounding 
~ .itrix has been squeezed upward. Sharp (1985a) 
_rgued that the ridges formed at the termination of 
~.e 1972 surge of Eyjabakkajokull, when the heavily 

-revassed glacier snout stagnated and sank into its 
■'ed material. Basal till was squeezed up into basal 
.revasses because of the local differences in overbur- 
ien pressure between open crevasses at atmospheric 
rressure and areas lying beneath glacier ice.

Since the work of Hoppe (1952a, 1957), several 
researchers have interpreted certain Pleistocene land- 
rorms as crevasse-fill ridges. However, for ancient 
landforms a crevasse-squeeze origin is seldom cer
tain, and other interpretations are often possible. 
Gravenor and Kupsch (1959) described linear disin
tegration ridges, consisting of linear ridges oriented 
parallel, transverse and oblique to ice flow, from 
parts of western Canada. The ridges make intersect
ing ‘waffle’ or ‘box’ patterns reminiscent of crevasse 
patterns, leading to the interpretation of some as 
supraglacial and subglacial crevasse-fill ridges (Fig.
11.28). However, debris lodgement in zones of shear-

Fig. 11.28 Aerial photograph o f d r ift  ridges in Alberta, 
Canada, showing intersecting pattern. (Aerial photograph 
provided by Energy, Mines and Resources, Canada)

ing or thrusting, where active ice flows against stag
nant ice near the margin, has also been suggested 
(Gwynne, 1942; Gravenor and Kupsch, 1959; Prest. 
1983). In addition, some closely spaced ridges ori
ented parallel to outer terminal moraines were inter
preted as annual push moraines (Section 11.3.2.1). 
Basal crevasse-fill ridges should be exposed only 
where the former supraglacial debris cover was very 
thin, otherwise the low-amplitude ridges would be 
buried during ice wastage. At some locations, possi
ble crevasse-fill ridges do disappear beneath 
supraglacially derived landforms, especially where 
they lie adjacent to end moraines (Gravenor and 
Kupsch. 1959: Stewart et al., 1988).

Kleman (1988) has described a series of till ridges 
from the southern Norwegian-Swedish mountains, 
which appear to be well-preserved crevasse-squeeze 
ridges. The ridges trace out rectilinear zigzag pat
terns, but in places resemble subglacial drainage net
works in planform, and Kleman concluded that they 
were formed by squeezing of basal till into subglacial 
crevasses and meltwater conduits. The excellent 
preservation of the landforms was attributed to a 
transition to cold-based ice during deglaciation.

A crevasse-fill origin has been proposed by Stew
art et al. (1988) for some Pleistocene corrugated 
ground moraine in Iowa, which consists of curvilin
ear 1-2 m high ridges separated by 1-2 m deep 
troughs or swales. These ridges are concave upglac- 
ier and are parallel to the outer terminal Bemis 
moraine and mimic the former retreating ice margin.
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They w ere interpreted as push moraines by Gwynne 
i 1942. 1951) and Foster and Palmquist (1969). The 
sediments within the Iowa ridges are distinctly dif
ferent from those observed in Iceland by Sharp 
1 1985a), in that large amounts of stratified sediment 
occur in some ridges. Furthermore, there is no evi
dence of sediment squeezing up into basal crevasses. 
A  crevasse-fill origin was nonetheless preferred by 
Stewart et al. (1988), who envisaged thickening of 
basal till in some crevasses and glacifluvial deposi
tion followed by melt-out till deposition in others.

During the 1950s and 1960s, several researchers 
argued that subglacial squeezing could account for 
large landforms in areas affected by continental ice 
sheets (e.g. Hoppe. 1952a; Stalker, 1960). Features 
referred to as moraine plateaux or plains plateaux in 
western Canada were interpreted by Stalker (1960) 
as the products of squeezing of subglacial till into 
basal ice cavities. Similar forms were ascribed to 
subglacial deformation both in northern Sw'eden (by 
Hoppe, 1952a, 1957, 1959), where they are called 
Veiki moraines, and in northern Finland (by Kujan- 
suu, 1967, who names them Pulju moraines). These 
features are differentiated from kame plateaux (Sec
tion 11.4.3) by their composition of fine-grained tills. 
They were thought to document the advanced stages 
of ice stagnation when subglacial cavities w'ere being 
excavated and basal tills were becoming saturated by 
the excess meltwater. The squeezing of subglacial 
material into cavities was also suggested by Hoppe 
(1948, 1959) to account for Kalixpinnmo hills in 
Norrbotten, Sweden, which consisted of elongate 
ridges of fine sand and silt oriented parallel to the 
former glacier margin. Hoppe argued that the ridges 
are subglacial accumulations of fluviglacial sediment 
which have been deformed by glacier flow.

The size and density of the landforms described by 
Hoppe and Stalker imply that, if they are subglacial 
ice-squeezed forms, the base of the ice must have 
been covered by large scallops, cavities and 
crevasses in the final stages of deglaciation. Although 
such a network of large cavities has been postulated 
by Shaw (1983a), Shaw and Kvill (1984) and Shaw 
et al. (1989), there is little evidence that these forms 
are characteristic of stagnating glaciers.

More recent research on the Veiki moraines of 
Sweden (Lagerback, 1988) and the hummocky ter
rain in Canada attributed by Stalker to basal squeez
ing (Tsui et al., 1989) indicates that many areas are 
more likely to be overridden glacitectonized moraine 
fields, and therefore relate to active glaciation rather 
than stagnation (Section 11.3.1.3). This interpreta
tion is especially attractive wherever hummocks are 
composed of folded and thrust-faulted bedrock.

r.less additional evidence is forthcoming, a squeeze 
ngin for large morainic landforms remains conjec-

Squeezing of saturated sediment into transver^L 
basal crevasses has also been proposed as a mode o: 
origin for some De Geer moraines (Andrews, 1963 
Mickelson and Berkson, 1974; Lundqvist, 1989c 
Zilliacus, 1989). This idea is discussed in Section 
11.6.2.2.

11.2.9 Eskers
The term esker is an English rendering of the Iris: 
word eiscir meaning ‘ridge’, and refers to elongate 
sinuous ridges of glacifluvial sand and gravel (Fie 
11.29; Warren and Ashley, 1994). They are known a- 
osar (singular: ose) in Scandinavia. Eskers are the 
infillings of ice-walled river channels, and ma;. 
record deposition in subglacial, englacial i - 
supraglacial drainage networks. A  general genet:, 
classification of eskers proposed by Warren and Ash
ley (1994) recognizes the following basic types (Fig 
11.30): (a) tunnel fills, formed in englacial and sub
glacial conduits, and exposed by ice ablation; (b) к с 
channel fills, deposited in subaerial ice-walled chan
nels; (c) segmented tunnel fills , formed during pulse  ̂
glacier retreat; and (d) beaded eskers, consisting : 
successive subaqueous fans deposited during pulse: 
retreat of a water-terminating glacier.

11.2.9.1 PLA N FO RM  AN D  D ISTRIBUTION

The planform of eskers is extremely variable, anc 
can take the form of single continuous ridges of ur. - 
form cross-sectional profile, single ridges of variab . 
height and width, single low ridges linking numerou- j 
mounds or beads, or complex braided systems f 
confluent and diffluent esker ridges (Auton, 1992: 
Fig. 11.31). Most eskers are aligned subparallel : 
the direction of former glacier flow, reflecting form e

Fig. 11.29 An esker system in Lake Rorstromssjon, Ange- 
mandland, Sweden, illustrating bifurcations in the midc i 
distance and the association between the esker and =- 
elongate bedrock depression. (Photo: Erling Lindstrom)
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A CONTINUOUS RIDGE, TUNNEL FILL В CONTINUOUS RIDGE, FLUVIAL ICE-CHANNEL FILL

С SEGMENTED RIDGE, TUNNEL FILL (LONG BEADS) D SEGMENTED RIDGE, SUBAQUEOUS FANS (SHORT BEADS;

' 30 Diagrammatic sketches of four types of esker. For explanation see text. (Modified from Warren and Ashley, 1994)

лег flow towards the ice margin. However, 
. eskers are aligned transverse to former glacier 
. a situation most common for former ice-walled 
■".els guided by ice-cored moraines (Mannerfelt, 
' Bird, 1967; Johansson, 1994).
- slacial tunnel fills  are the infillings of former 
oerger channels, and record the routeing of

- the glacier bed. Where water flow is in pres- 
conduits, the hydraulic gradient and direction

: are controlled by ice surface topography and,
- - 'er extent, the form of the bed (Section 3.2.3). 
r: re. eskers formed in these conditions can
_r-and-down long profiles, with some sections 

'  over topographic obstacles (Shreve, 1972). 
-' of the distribution of Pleistocene eskers in

■ r Shreve, 1985a, b) and recent eskers exposed 
■. 'etreat of Burroughs Glacier, Alaska (Syver- 
et . 1994), have demonstrated good agreement 
-r". observed esker paths and calculated

■ _ pathways based on the hydraulic theory of 
me 1972). Where tunnels are at atmospheric
. *e. ater flow is not influenced by the ice sur- 
r-_n:ent. but follows the local slope just like 

-treams, so that eskers deposited in such
- • _re aligned directly downslope. These were

Fig. 11.31 The Carstairs esker system, La'-a'cs" -v $:::- 
land, showing both single ridges and bra a ' :  
esker development. (Cambridge Unive^s т. -e-= 
graph Collection)
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termed valley eskers by Bird (1967), and are typical 
of thin glacier margins where tunnel creep closure 
rates are low (Johansson, 1994; Syverson et al., 

1994). They are usually shorter and straighter than 
normal eskers, and are commonly associated with 
kame terraces or lateral drainage channels at their 
upper ends, and with kame and kettle topography at 
their lower ends (Sections 11.4.3 and 11.4.5; Sugden 
and John, 1976).

Shreve (1985a) related the morphology of tunnel- 

lill eskers to hydraulic conditions beneath the glacier, 
particularly the rates of melting and freezing of the 
tunnel walls. He argued that multiple-crested eskers, 

consisting of several subparallel branches, form 
where the active channel has a tendency to migrate 
laterally rather than incise itself into the overlying 
ice. Such conditions are thought to be typical of 
gently ascending reaches, where tunnel melting rates 
are low because of the downstream increase in eleva
tion head (Section 3.2.3). Single-thread, broad- 

crested, eskers are thought to be associated with 
zones of net freezing of the walls in steeply ascend
ing reaches, where tunnels are likely to be wide, low 
and stable. Finally, sharp-crested eskers were attrib
uted to zones of net melting, where the tunnel can 
melt its way into the overlying ice as the floor fills 
with sediment. However, sharp-crested eskers may 
also form by the lowering of englacial tunnel fills on 
to the land surface (Price, 1973).

The upstream or downstream ends of some sub
glacial tunnel-fill eskers are connected to Nye chan
nels eroded into bedrock or sediment, possibly 
recording synchronous patterns of deposition and 
erosion at the glacier bed (Section 9.3.4.1). It is 
unlikely, however, that esker and channel systems 
extending over hundreds of kilometres were formed 
by a single tunnel system of that length. Rather, they 
were probably formed in segments during ice sheet 
retreat, when the marginal zone of ablation and its 
associated channel system migrated towards the for
mer ice sheet centre. Clear evidence for temporal 

changes is provided by eskers lying within Nye chan
nels, indicating channel bed erosion followed by 
deposition and tunnel infilling, probably as a result of 

falling discharges (e.g. Booth and Hallet, 1993). The 
presence of eskers within Nye channels implies that 
the subglacial conduit was a relatively stable feature 
of the glacier bed.

Tunnel-fill eskers in North Dakota have been asso
ciated with glacitectonicallv disturbed groundwater 
flow by Bluemle and Clayton 1 19841. Near the town 

of Anamoose an esker starts at the margins of the 
depression in a hill—hole pair i Section 11.3.1.1 -. The 
depression has been excavated in a buried valley 
filled with sand and gravel, which acted as a closed 
aquifer prior to glacitectonism. The elevated ground
water pressures produced by glacier overriding of

aquifers are critical to most cases of glacitectonic 
thrusting (Section 7.4.3; Moran, 1971). The forma
tion of the esker in this situation is explained by 
Bluemle and Clayton (1984) using the vivid analogy 
of popping a cork from a champagne bottle. The 
pressure in the bottle (the aquifer) was released when 
the cork (the glacitectonized hill) was removed by 
thrusting. This allowed groundwater to escape from 
the aquifer, thus explaining the initiation of an esker 
at the margins of the excavated hole.

Supraglacial and englacial eskers were first 
described by Crosby (1902) and Tanner (1932, 1934, 
1937). Examples in the process of formation, and 
recently deposited ice-walled channel fills, have been 
described from many modern glacial environments 
(e.g. Lewis, 1949; Meier, 1951; Stokes, 1958; Petrie 

and Price, 1966; Price, 1966, 1969, 1973; Welch and 
Howarth, 1968; Gustavson and Boothroyd, 1987; 
Kirkbride and Spedding, 1996). In Alaska and Ice
land, surveys have demonstrated that the melt-out of 
glacier ice has gradually lowered eskers on to the 
substrate (Price, 1973). The draping of such glaciflu- 
vial landforms on to high-relief substrates provides 

an alternative explanation for eskers that climb over 
uphill sections of the former glacier bed. 
Supraglacially and englacially derived eskers will 
contain heavily disturbed if not structureless sedi
ments after deposition, in contrast with the generally 
well-preserved stratified sediments of subglacial tun
nel fills (e.g. Brennand, 1994).

11.2.9.2 COMPOSITION

Eskers are composed of a wide variety of facies, 
ranging from sorted silts, sands, gravels and boulders 
to matrix-supported gravels. These materials are usu

ally not far-travelled, most particles being no further 
than 15 km from their outcrop source (Hellaakoski, 
1931; Trefethen and Trefethen, 1945; Lee, 1965). 
Individual beds may be ripple cross-laminated, hori
zontally bedded, cross-bedded or massive, depending 
on flow conditions during deposition (Section 10.4). 
Small-scale cross-bedded units in eskers represent 
the prograding avalanche faces of migrating bars 

(Shaw, 1972; Bannerjee and McDonald, 1975), 
whereas larger cross-bedded units are likely to be 
deltaic foresets deposited in subglacial or proglacial 
pools. Although the sedimentary structures observed 
in tunnel-fill eskers are similar to those found in 
open-channel fluvial deposits, there are some impor
tant distinctions relating to tunnel hydraulics. Ban
nerjee and McDonald (1975) pointed out that 
standing waves cannot form in full-pipe (conduit) 
flows, and that antidune bedforms cannot be 

deposited in such settings (Sections 3.8.3 and 
10.4.5). Therefore, antidunes and occasional backset 
bedding are taken to indicate flow in former open



:ce-walled channels rather than tunnel deposition. It 
-поиId be remembered, however, that subglacial con
duits may not always be water-filled (Section 
; .2.3.4). More recently, Brennand (1994) has identi- 
:ed very large antidunes in the eskers of south-cen- 
ral Ontario, Canada, which she explains as 
. losed-conduit sediments because of the striking 
r^ker ridge continuity, low variability in palaeocur- 
rcnt direction and up-and-down esker long profiles. 
According to Brennand, these large bedforms were 
ieposited when hyperconcentrated floodwaters 
flowed from constricted to expanded reaches and 
:nerefore were transformed from a supercritical to a 
'jbcritical state. Saunderson (1977) argued that 
matrix-supported gravels within eskers document 
sliding-bed transport of hyperconcentrated flows, 
^nd that such conditions may be unique to full pipe 
riows. More recent work has shown that matrix-sup- 
rorted gravels can be deposited in subaerial and sub
aqueous flows in a wide range of environments (e.g. 
Maizels, 1989b; Todd, 1989), and cannot therefore 
be used as diagnostic criteria for pipe flows.

The central core of eskers can display cyclic 
-equences of gravel and sand (Bannerjee and 
McDonald, 1975; Ringrose, 1982), the base of each 
cyclic sequence often being marked by a scoured 
erosional surface (Shaw, 1972). These sequences dis- 
rlay a fining upwards from cross-bedded and hori
zontally bedded, imbricated gravels to horizontally 
^edded, plane-bedded and trough cross-bedded sands 
icf. Lobanov, 1967). Such fining-upward sequences 
with erosive bases record fluctuations in discharge 
_nd sediment availability. The depositional cycles or 
rhythmicity in esker sediments have been interpreted 
as annual by Bannerjee and McDonald (1975) and 
-easonal by Brennand (1994). Within the large cyclic 
-cqucnces, cosets of climbing ripple drift or cross- 
-mination are believed to document anything 
-etween hours and tens of hours of deposition 
\llen, 1971b). This corresponds well to the typical 

: : 'charge fluctuations of glacial meltwater streams.
Other depositional trends in esker sediments 

r.clude coarsening-upward sequences and fining out
wards from the core (Shaw, 1972; Saunderson, 
1975). The fining outwards usually involves a grada- 
: n from cross-bedded sand and gravel near the core 

horizontally bedded and cross-laminated sand 
:h laminated silt interbeds towards the margins 

F:g. 11.32). This is thought to represent sidewall 
melting and esker widening, an interpretation sup- 
: rted by the occurrence o f faulting in the marginal 

r.e. Saunderson (1975) suggested that only the 
r :_vel core is the esker proper; sediment draping of 
.'ve r cores and esker-deltaic deposition are dis- 
- _'Sed more fully below.

In all situations, some slumping w ill occur at the 
~ .irgins of an esker ridge once the ice walls are
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Fig. 11.32 A coarse-grained gravel and sand esker core 
w ith  marginal drapes o f ripple-bedded and cross-laminated 
sands and silts w ith  m inor gravel beds, Rooskagh esker. 
Ireland. (Photo: D.J.A. Evans)

removed by melting. The degree of internal distur
bance by folding and faulting relates to the thickness 
of underlying ice or the magnitude of side slumping, 
and the most heavily disturbed esker sediments w ill 
be produced wherever the tunnel was located 
englacially or supraglacially (Price, 1973). The sedi
ment sequences within eskers commonly form anti
clinal structures or arched bedding when viewed in 
cross-section. Anticlines are interpreted as the prod
uct o f slumping at the esker sides after removal of the 
supporting ice walls, and arched bedding as the resul: 
of simultaneous deposition on the crest ridge anc 
flanks of the esker (Grano, 1958; Shreve, 19721. As 
tunnels collapse or change shape, or streams change 
position or size, one depositional sequence may be 
truncated and partially infilled or overlain by another 
(Terwindt and Augustinus, 1985).

11.2.9.3 SEGMENTED AND BEADED ESKERS

Segmented and beaded eskers are generally inter
preted as time-transgressive landform assemblages 
deposited close to glacier margins during deglacia
tion. The distal ends of segments may mark the posi
tions of ice-marginal portals during temporary 
glacier stillstands. Larger beads represent substantial 
depocentres at the efflux points of subglacial tunnels, 
either in subaerial or subaqueous environments (e.g. 
Bannerjee and McDonald, 1975; Rust and 
Romanelli, 1975; Thomas, 1984a, b; Warren and 
Ashley, 1994). In addition, Gorrell and Shaw (1991) 
and Brennand (1994) have described complex asso
ciations of esker ridges, beads and fans in Ontario, 
Canada, which they attributed to deposition in con
duits, lateral water-filled cavities beneath the ice, and 
grounding-line fans beneath a floating glacier tongue 
(Fig. 11.33). Wherever subglacial meltwater exits 
from the glacier into water, a subaqueous fan or ice-
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contact delta will be produced, depending on water 
depth t Section 11.6.2). For example, Sharpe (1988a) 
has described glacimarine subaqueous fans on the 
floor of the former Champlain Sea Basin and on Vic
toria Island, Canada, which emanate from eskers and 
record the rapid deposition of sediment beyond the 
confines of an ice-walled conduit. Exposures in these 
landforms show that esker cores continue beneath the 
fan forms and are overlain or draped by turbidites, 
sediment flows and rhythmites (Fig. 11.34). This par
tial burying of esker forms by subaqueous fan sedi
ments probably attests to a combination of high 
sediment loads and slow glacier retreat rates. 
Detailed sedimentological descriptions of Pleis
tocene fan deltas emanating from eskers have been 
given by Martini (1990). The distal parts of the fan 
deltas record deposition from cohesionless debris 
flows and turbulent underflows in standing water, but 
the proximal and upper parts are very variable,

depending on hydraulic conditions and relative . ш  
level.

Gorrell and Shaw (1991) have described in 
the sedimentology of a complex assemblage of ;siar| 
ridges, beads and fans in Ontario, Canada. The n rr- 
ern (proximal) part of the complex consists of _ si»- 
gle esker ridge, c. 8m high and 70-139m wide. 7 'ш  
passes distally into a ridge and bead compl; . ! 
which lateral beads are connected to the main ; -or 
ridge by minor ridges (Fig. 11.33a). The distal г_ i 
the complex consists of a series of overlapping jm 
which emanate from anastomosing esker ridge  ̂ ~ld 
fans were deposited in standing water, either at 
Champlain Sea or a proglacial ice-dammed lakr T ie 
main esker ridge has a core of gravels, which re,: 
deposition from bedload and hyperconcer;-. sA 
flows in a subglacial conduit. The lateral beads :: ж  
central part of the complex are composed of sb. i a& 
successions of plane-bedded, cross-bedded and - ш4

— silt and clay

esker

esker/fan complex _  Open W a te r

esker ridge 
and beads 
complex

metres

Fig. 11.33
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-с 11.33 The esker, bead and fan complex at Lanark, Ontario, Canada: (a) morphology of the esker, bead and fan com- 
: b) reconstruction of the depositional environment in which esker, bead and fan complexes may be produced; (c) recon- 

. г  on of the depositional environment in which lateral fans are deposited. (From Gorrell and Shaw, 1991. Reprinted b> 
: т — ssion of Elsevier)

к - >and, which display a pronounced proximal-to- 
fining away from the main ridge. In the 

• er-fan complex, a number of secondary ridges
- erge from the main esker ridge. Two of these
■ contain stacked sand beds which display mul- 

r  - tining-upwards sequences, each of which repre-
a distinct pulse of sediment. Gorrell and Shaw

* erpreted the lateral beads and secondary ridges as
■ r infills of subglacial cavities and distributary 

- '—'riels which ‘soaked up’ water and sediment at 
Ш~ . - r high water pressure in the main conduit. The

and distributaries are thought to have been 
r '.n e d  off’ from the main conduit at times of low 

& The opening and closing of the connections was
• i-.ed to the action of a valve which allowed water 

i:  - - ._pe laterally when water pressures in the main

conduit exceeded the local ice overburden pressure 
Each pulse of sediment is thought to represent 
opening event, when water debouched from the miir. 
conduit. According to Gorrell and Shaw, this im p r- 
that the whole glacier snout was delicateh p j 
close to the flotation point. However, this is n< : r ; .  - 
essarily so. The ‘valves’ may be analogous to orifice' 
in linked-cavity networks, which open up at times of 
high discharge and water pressure, and close as dis
charge falls (Section 3.4.4). Orifices open when the 
basal water pressure locally exceeds ice overburden 
(i.e. where effective pressure falls to zero), but over
burden pressures can remain high over most of the 
bed. The esker complex may represent a drainage 
system which locally switched between single-thread 
channelized flow and distributed flow, but was not



(а) (с)

(d)
silt and clay

Fig. 11.34 A model to explain the deposition of an esker and subaqueous glacimarine fan in the late Quaternary Champlain Sea near Ottawa and Montreal, Canada:
(a) tunnel fill (esker) sedimentation; (b) ice-marginal retreat and removal of support for tunnel fill sediment causes normal faulting and mass flows; (c) further ice 
retreat and the draping of the esker/fan core with fine-grained sediments; (d) marine regression and littoral reworking of esker/fan sediments. (Modified from Sharpe, 
19R8,i)
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necessarily associated with widespread near-flotation 
and very low average effective pressures. The map in 
Fig. 11.33b shows the ice margin at the time of esker 
formation as a floating terminus located some dis
tance away from the efflux point. However, Gorrell 
and Shaw presented no firm evidence that the margin 
■•vas floating, and the ice may have terminated at the 
grounding line.

Despite these criticisms, Gorrell and Shaw’s study 
> an excellent example of detailed sedimentological 
-nalysis, and raises many interesting questions about 
. 'ker genesis. Further discussion of the valve mech- 
-"ism and additional sedimentological data from 
r'ker systems in Ottawa have been given by Bren- 
-und (1994).

The relationship between eskers and ice-contact 
_ns of glacifluvial sediment in a terrestrial setting in 
'k in e , Sweden, has been described by Hebrand and 
-m ark (1989). In this area, eskers are composed of 

■.erlocking fans, each consisting of ridge, hummock
- J terrace components, composed of downstream- 

"ing sequences of gravel and sand (Fig. 11.35). 
L .rh sequence documents deposition in a restricted, 
A; r r i  ̂ -covered and largely stagnant outer margin of 
T : ;e sheet. The progressive recession of the active 
м. : -T.d the development of new stagnant ice led to 
Ac ..rretion  of new fans in an up-ice direction. The

* ' ’.ream transition from ridges to hummocks and 
:errace remnants within each individual fan 

*ds deposition first in tunnels and then as a series 
Ш - ‘ restricted distributaries on the downwasting ice 

■иг jce.

“  2.10 Subglacial volcanic forms 
“ -yas or Stapis)
2 r  are flat-topped volcanoes built during sub- 
s - ~ eruptions (Mathews, 1947; van Bemmelen
■ " - Rutten, 1955; Jones, 1969; Bjornsson, 1975). 
T  c initiation of a tuya is shown in Fig. 11.36a,
•  ~:rh shows how lava erupts directly into a sub- 
£ - - il water reservoir. As the reservoir expands it is 
x with pillow lavas, hyalotuffs, hyaloclastites, 

rlomerates and compound lavas to form a steep- 
e o r i  and flat-topped rock mass whose size and 
«■ -r-e reflect the size of the reservoir. Eruption may 

. ->e before the tuya and associated cavity reach the 

. тасе of the glacier, or the tuya may develop into a 
> -" 'evan  or subaqueous-type volcano occupying a 
: jria l lake (Fig. 11.36b—d). Smellie and Skilling 
> -4 )  reported tuyas of this type from Antarctica. 

Sf~".ei lie and Skilling also reported evidence that vol- 
— cally heated meltwater and lavas exploited and 
:" jjged subglacial tunnels. As a result, the volcanic 
. -iments possess a stratigraphic architecture similar 

v  rr.at of eskers (Fig. 11,37b).

11.3 ICE-MARGINAL MORAINES
The present and former margins of glaciers and ire 
sheets are demarcated by a wide variety of deposi
tional features produced by the complex interactions 
of numerous glacigenic and paraglacial processes. In 
this section, we describe ice-marginal moraines 
under four headings: (a) glacitectonic landforms; (b) 
push and squeeze moraines; (c) dump moraines; and 
(d) latero-frontal fans and ramps. These moraine 
types are formed by the deposition of sediment 
around the edge of active glacier snouts, or by 
glacially induced stresses. It must be emphasized that 
the four moraine types discussed in this section are 
not distinct, exclusive categories, and that in nature 
composite moraines are not uncommon. Moraines 
that originate supraglacially or englacially and are 
lowered on to the ground surface by glacier ablation 
are described in Section 11.4, and ice-marginal 
moraines deposited in subaqueous settings are dis
cussed in Section 11.6.

Some general terms are applied to many moraine 
types regardless of genesis. The outermost moraine 
ridge formed at the limit of a glacier advance is 
known as a terminal moraine. Younger moraines 
nested within a terminal moraine are termed reces
sional moraines, because they are formed during 
overall glacier recession even though they may have 
been deposited or pushed up during minor read
vances or standstills. Terminal and recessional 
moraines may be subdivided into frontal and lateral 
components, or described as latero-frontal moraines. 
Where it can be demonstrated that recessional 
moraines formed on a yearly basis, they are known as 
annual moraines.

11.3.1 Proglacial glacitectonic 
landforms
The idea that glaciers can deform bedrock and Qua
ternary sediment into large thrust moraines is almost 
as old as glacial theory itself, and many early 
researchers identified glacitectonic landforms in a 
wide range of locations including Sweden, Denmark, 
Germany, the New England offshore islands, Min
nesota, Poland, Alberta and Spitsbergen (Torell, 
1872, 1873; Erdmann, 1873; Johnstrup, 1874; Mer
rill, 1886a, b; Sardeson. 1905, 1906; Hopkins, 1923; 
Lewinski and Rozycki, 1929; Gripp, 1929). The most 
prolific early researcher on glacitectonic landforms 
was G. Slater, who published papers on features in 
England (Slater, 1927a, b), Denmark (Slater, 1927c, 
d), Canada (Slater, 1927e), the USA (Slater, 1929) 
and the Isle of Man (Slater, 1931). During the middle 
part of the twentieth century, considerable interest 
was focused on glacitectonic landforms in Denmark
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hensive bibliographies on the subject > : r -- 
ics are available in van der Meer ■
(1988a), Aber (1993a) and Warren and Cro :
These volumes constitute the reports from 
shops and conferences organized by the INQ1 
Work Group on Glacial Tectonics, which was estab
lished in 1982 as a recognition of the significant * 
glacitectonic processes and products.

In this book, glacitectonic sediment-landfonr. 
associations are classified using the scheme propose.: 
by Aber et al. (1989). Four basic types are recog
nized: (a) hill-hole pairs; (b) composite ridges anc 
thrust-block moraines; (c) cupola hills; and id 
megablocks and rafts (Table 11.1). Glacitectonic 
moraine ridges are defined as those in which glaci- 
tectonized pretectonic and syntectonic sedimenb 
constitute >25 per cent of the unit area of the 
moraine. Other types of moraine, such as push 
moraines, may contain small amounts of glacitec- 
tonized sediment (Section 11.3.2.1). Glacitectonic 
landforms may be composed of pre-Quaternary 
bedrock, pre-existing Quaternary sediments or con
temporaneous sediment (Moran, 1971; Andrews.
1980), and where they have been overridden by glac
ier ice after construction they may be covered by a 
carapace of glacitectonite or till (Section 10.3.31. 
More prolonged and active glacier overriding w ill 
result in the streamlining and moulding of glacitec
tonic features to produce subglacial bedforms (Sec
tion 11.2.4). The principles of proglacial 
glacitectonics are explained in Section 7.4.3.

11.3.1.1 H ILL-HOLE PAIRS

A hill-hole pair was defined by Bluemle and Clay ton 
(1984) as ‘a discrete hill of ice-thrust material, often 
slightly crumpled, situated a short distance 
downglacier from a depression of similar size anc 
shape’. Ice-thrust hills may be found at distance> - :

'able 11.1 Characteristics of glacitectonic landforms

1.: ndform Height (m) Area (kin) Primary material Primary morphology
.---ge composite ridge 100 to 200 20 to >100 Bedrock Subparallel ridge and valley 

system, arcuate in plan
H '-hole pair 20 to 200 <1 to >100 Variable Ridged hill associated with 

source depression

5 -.ill composite ridge 20 to <100 1 to >100 Quaternary strata Subparallel ridge and valle> 
system, arcuate in plan.

Г-cvla hill 20 to >100 1 to 100 Variable Smoothed dome to e' . 
drumlin with till с гг

V : ; --lock/raft 0 to <30 <1 to 1000 Bedrock Often conceal с _ -V i 
irregular - -

-.ber et al. (1989)

т--------- т

4c ".36  The sequential development (from bottom to 
■K :* a tuya. (From Bjornsson, 1975. Reprinted by permis- 
•er of .okull)

■Sies ;n. 1931; Gry, 1940), the Netherlands (de Jong, 
'1  Maarleveld, 1953; Rutten, 1960), Poland 

■--- 1956; Kozarski, 1959; Dylik, 1961; Galon, 
I and Canada (Byers, 1959; Mackay, 1959; 

H it  1962; Christiansen, 1961) and since that 
ж  . 'earch on all aspects of glacitectonics has 
iov'. ~ed into a thriving subdiscipline of glacial 
p n  - and geomorphology.

E  -client coverage of the history of glacitectonic 
№  > available in Aber et al. (1989). Numerous 
ea r' * es of modern studies together with compre-
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up to 5 km from source depressions, but are usually 
closer (Bluemle, 1970; Carlson and Freers, 1975; 
Clayton et a l, 1980; Bluemle and Clayton, 1984). 
However, source depressions can become infilled 
with younger sediment, and are not always visible as 
surface features. Conversely, glacitectonic depres
sions are sometimes found without associated hills 
(Ruszczynska-Szenajch, 1976, 1978; Andriashek and 
Fenton, 1988), perhaps because positive relief fea
tures have been destroyed by subglacial erosion.

The typical morphology o f a hill—hole pair is as fo l
lows (Aber et al., 1989): (a) the hill has an arcuate or 
crescentic planform, which is concave upglacier; (b) 
the surface o f the hill is traversed by a series o f trans
verse, subparallel ridges and depressions; (c) the hill 
has an asymmetric cross-profile, with the highest 
point and steeper slopes on the convex or downglacier 
side; and (d) the topographic depression is approxi
mately the same shape and area as the hill, located on 
the concave or upglacier side. These morphologic fea
tures may be less obvious where prolonged subglacial 
modification has taken place after formation.

Many o f these features can be identified on the 
W olf Lake hill—hole pair, Alberta, Canada (Fig. 
11.38). The parallel-sided margins o f W olf Lake have 
been interpreted as strike-slip tear faults, marking the 
lateral boundaries o f the thrust mass (Andriashek and 
Fenton, 1988). Thrusting is thought to have occurred 
in association with a small sublobe o f the ice margin,

with the basin excavated beneath the margin, and the 
hill thrust up in a proglacial position (cf. Stephan, 
1985). The W olf Lake example and other hill—hole 
pairs in the North American Great Plains do not 
appear to have been greatly modified by subglacial 
processes, and are thought to have been formed in a 
2-3 km wide frozen-bed zone o f the Laurentide ice 
sheet during standstill or minor readvances that 
punctuated overall retreat (Moran et al., 1980).

Another excellent example o f a hill-hole pair, Her- 
schel Island in Mackenzie Bay, Canada, is one o f the 
largest so far recognized on the Earth’s surface, with 
an area > 100 km2 (Mackay, 1959; Rampton, 1982). 
Composed o f preglacial Pleistocene sediments thrust 
up from a now submerged source depression, Her- 
schel Island is arcuate in shape with an upglacier 
concave face and an asymmetrical profile. Trellised 
stream patterns on the island record postglacial flu
vial erosion along fracture zones (Aber et al., 1989). 
Sea cliffs reveal internal structures such as low-angle 
thrust faults, synclines and anticlines, tilted beds 
which occasionally approach subvertical angles, 
overturned folds, repeated strata, slickensides, and 
segregated ice lenses which originally formed hori
zontally but now parallel the deformed enclosing 
strata (Mackay, 1959; Mackay and Stager, 1966: 
Mackay et al., 1972). The morphology and internal 
structures o f Herschel Island indicate deformation 
from the south-east, which is consistent with other

Fig. 11.38 A topographic map of the Wolf Lake hill-hole pair and associated drumlins, Alberta, Canada. Elevations in feet, 
contour intervals at 50ft, perennial lakes shown by diagonal shading and ephemeral lakes shown by dashed outlines. (From 
- : t r eta/., 1989. Reprinted by permission of Kluwer)
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-  al geomorphological evidence of a glacier lobe 
r  ng along the Yukon coastal plain from that
- r.tion during the last (Buckland) glaciation
• -~.pton, 1982). The enclosed ice lenses indicate

l ' . :he Herschel Island sediments were permafrozen
i . re being glacitectonized.

Ljidforms in Alberta, Canada, which may be 
lcr-glacially modified hill-hole pairs have been 
in .-bed by Stalker (1973a), and termed murdlins 
>. .__>e they resemble inverted drumlins. Murdlins
- ' - 't of elongate arcuate ridges with their open 
ei i ' racing upglacier and central troughs terminat- 
r , mounds on the downglacier loops. The lat- 
: - “ dges and downglacier mound of each murdlin 
i  . :erived from the central trough. Stalker (1973a) 
cm -ged erosion of the trough by narrow tongues 
it jctive ice pushing through belts of dead ice, but 
me с he provided no evidence for this interpreta- 
шаг. murdlin genesis is still open for further dis-

n. It is interesting to note that the forms of 
T .- ;:n s  are similar to the fold traces recon- 
*r*c:ed from the northern Saskatchewan drumlin 
tec Boulton (1987) (Section 11.2.4.4), suggest
ed  riat they may belong to the subglacial bedform
- т -jum. This does not necessarily preclude a 
I .. :ectonic origin for such features, because the
- . ■ >f streamlined terrain may contain intact pre-
* lining structures. Thus, hill-hole pairs could 
к  initiating points for certain streamlined sub- 
pac .. bedforms.

lb  e recognition of hill-hole pairs has proved crit- 
k 'afe and efficient coal-mining operations in 
V I--. ".a. Canada. Glacitectonic thrusting has 

■an» ed coal from near-surface seams to produce 
(fcrr^ ions of up to 1km" in area, which constitute 
§~'- in formerly continuous strata. Problems 
a t  :«-'.ered in open-pit mining include large-scale 
fc i -.-;' on the benches used for positioning heavy 
o r  ■ £ machinery. These failures are common wher- 
we- _-.e benches are cut in the glacitectonically 
i  ~ :« "ed materials, which are heavily fractured 
at*i by numerous shear planes (Fenton et al.,

■ \Ъег et al., 1989).

У..1 2 CO M PO SITE RIDGES AN D  THRUST- 
1- : :• M O RA IN ES

"ft* - common and distinctive types of glacitec- 
«Ж1 . forms are composite ridges and thrust- 
ii*ci mines. These forms have been termed push 

шт-. ■ by some researchers (e.g. Boulton, 1986; 
fa -  - -Her et al., 1996), but we reserve this term for 

formed by bulldozing, or push-from- 
te i -; rather than glacitectonic processes, which 
■кз . . ^nd elevate proglacial materials (Section 
EL?-I Composite ridges are composed of multi-

- r • : up-thrust and contorted bedrock and/or

unconsolidated sediments, which are commonly 
interlayered with and overlain by glacigenic and 
glacifluvial sediment (Prest, 1983; Aber et al., 1989). 
They are subdivided by Aber et al. (1989) into large 
(> 100 m of relief) and small (< 100 m of relief) com
posite ridges. This size differentiation is essentially 
arbitrary, and the processes involved in the produc
tion of both large and small composite ridges are the 
same. However, Aber et al. (1989) suggested that 
large ridges usually contain a considerable volume of 
pre-Quaternary bedrock, whereas small ridges are 
composed mostly of unconsolidated Quaternary 
strata. The term thrust-block moraine was introduced 
by D.J.A. Evans and England (1991) to describe 
composite ridges comprising proglacially thrust 
masses of permafrozen blocks of Quaternary sedi
ments at the margins of Arctic subpolar glaciers. 
Composite ridges are associated with proglacial or 
submarginal glacitectonics, and they mark the posi
tions of glacier standstill or readvances.

In planform, composite ridges comprise arcuate 
suites of subparallel ridges and intervening depres
sions, arranged in a concave upglacier pattern and 
conforming to the general shape of the glacier mar
gin that produced them (Fig. 11.39). Individual ridge

Fig. 11.39 Aerial photo of composite ridges at t"e  ~ 3 ’ z  - 
of Rabotsbreen, Svalbard. Note the conce-v : vs'-s.r'se 
ridge crests, and deep meltwater channe s '  : 
the distal slopes. (Norsk Polarinstittut P~ r:: - Л - З М
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crests correspond to the crests o f internal folds, the 
upturned ends or edges o f thrust blocks or resistant 
upturned beds. The depth of disturbance associated 
with composite ridges is generally a few tens o f 
metres, and may be up to 200 m for the very largest 
features (Kupsch, 1962; Aber etal., 1989). The inter
nal structures o f large composite ridges are very sim
ilar to the products o f thin-skinned tectonics in thrust 
and folded mountain belts like the Canadian Rockies, 
even though composite ridges are at least one order 
o f magnitude smaller than true mountain ranges 
(Aber et al., 1989). The material in composite ridges 
commonly forms imbricately stacked sheets, with 
individual thrust slices showing varying degrees o f 
internal deformation. Overturned and rootless folds 
o f bedrock and Quaternary sediments in the compos
ite ridges at Flade Klint, Denmark, have been thrust 
up to 100 m from their probable source depression 
(Gry, 1940).

Probably the most spectacular exposures through a 
large composite ridge are located at M0ns Klint in 
Denmark. Several ice advances during the last 
glaciation have piled up numerous chalk scales with 
intervening Quaternary sediment to produce a com
posite ridge characterized by >150 m o f structural 
relief (Fig. 11.40; Johnstrup, 1874; Haarsted, 1956; 
Aber, 1985a). The structures within the cliffs at 
M0ns Klint include imbricately thrust anticlines and 
individually folded and stacked chalk floes, which 
can be traced as a series o f ridges on the rugged high
land o f H0je M0n.

Very extensive composite ridges occur in the area 
of the Missouri Coteau, a hilly upland belt stretching 
from North Dakota, USA, to southern Alberta and 
Saskatchewan, Canada (Slater, 1927e; Fraser el al.. 
1935; Byers, 1959; Kupsch, 1962). The boundary of 
the Missouri Coteau in Canada is demarcated in 
places by a prominent north-east-facing escarpment

(a)

Fig. 11.40
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- g. 11.40 The composite ridge o f Mons Klint, Denmark. 
= Topographic map o f eastern Mon showing the ice- 

: - oved ridges, lake basins and chalk c liff names and heights
■ -netres (modified from  Aber, 1985). Former ice flo w  direc- 

• ;n  was from  the northeast, (b) Aerial photograph o f Mons
■ nt and Hoje Mon, showing how the chalk masses form
■ gh cliffs and continue inland as sharp-crested ridges. The 
—ore rugged area o f ridges is covered in trees. Chalk masses 
i -s visible in the fields as ligh t tones. The scale bar repre- 
rents 0.5 km. (Aerial photograph reproduced by permission

the Geodotisk Institut, Denmark)

narking the boundary between the Saskatchewan 
Plain and the Alberta Plain, which is underlain by 
"i '«re resistant rocks. During the overall retreat o f the 
Laurentide ice sheet, readvances by ice lobes pene- 
rated embayments in the escarpment, and led to the
■ -Iding and thrusting o f bedrock scales in an imbri- 
:ate pattern to produce large composite ridges such

the Dirt Hills and Cactus Hills (Fig. 11.41). The 
Dirt Hills and Cactus Hills rise up to 150 m above the 
Missouri Coteau and cover an area of approximately 

'00 km2 (Christiansen, 1961; Parizek, 1964; Aber, 
. 993b). Impressive amounts o f horizontal and verti- 
.al displacement are recorded by these composite 
~dges; some formerly horizontal Cretaceous strata 
_re now tilted vertically and are located 200 m above 
:neir normal stratigraphic position (Christiansen, 
'.971a; Christiansen and Whitaker, 1976; Aber, 
993b). As in the case o f M0ns Klint, the trends of 

:ne individual ridges on the Dirt and Cactus Hills 
.race the underlying glacitectonic structures in the 
displaced bedrock. Although the bedrock is thought

Fig. 11.41 Aerial photograph o f the eastern and northern 
Dirt Hills composite ridges, Saskatchewan, Canada, showing 
the arcuate sub-parallel ridges and depressions arranged in 
a concave upglacier pattern. The scale bar represents 2 km. 
(Aerial photograph reproduced by permission o f the 
Department o f Energy, Mines and Resources, Canada)

to have been in a thawed state during thrusting (Aber, 
1993b), the basal decollement for the Dirt and Cac
tus Hills was in mudstones which may remain 
unfrozen even in permafrost (Mathews and Mackay, 
1960; Mackay and Mathews, 1964). The interruption 
o f aquifer drainage by an advancing glacier lobe is 
thought to have been responsible for the production 
of Prophets Mountains, North Dakota, another large 
composite ridge located on the Missouri Coteau 
(Bluemle, 1981; Bluemle and Clayton, 1984). Nat
ural groundwater flow is towards the east, but during 
ice advance from that direction the flow was 
reversed, leading to increased porewater pressures 
which facilitated glacitectonic disturbance (Section 
7.4.3). Other examples o f large composite ridges are 
the Bride Moraine on the Isle o f Man (Thomas, 
1984c), the Cromer Ridge in Norfolk, England (Hart, 
1990), the Weichselian Main Stationary Line in Den
mark (Pedersen et al., 1988), the Dammer Berge in 
north Germany (van der Wateren, 1987; van Gijssel, 
1987) and the North Antrim end moraine (Shaw and 
Carter, 1980).

There are numerous examples o f small composite 
ridges, both in front o f modern glacier snouts and 
in the ancient landform record. Spectacular compos
ite ridges composed o f outwash and glacimarine



466 G l a c ia t io n

sediments form continuous moraines around the 
snouts o f many Spitsbergen glaciers (Fig. 11.39), and 
have been the subject o f research for the past hun
dred years (Garwood and Gregory, 1898; Lamplugh, 
1911; Gripp and Todtmann, 1925; Gripp, 1929; 
Croot, 1988b). In Spitsbergen and Iceland, compos
ite ridges are strongly associated with surging glaci
ers, suggesting that conditions during surges are 
particularly conducive to proglacial tectonics (Sharp, 
1985b; Croot, 1987, 1988b, c; Drozdowski, 1987). 
The most important factors underlying this associa
tion are (a) rapid advance of the snout; (b) extreme 
compressive deformation at the margin; and (c) ele
vated porewater pressures associated with the release 
o f meltwater. The role of porewater pressures is high
lighted by the general absence o f composite ridges 
where proglacial areas slope steeply away from the

glacier, and water is able to drain away freely (Croot, 
1988c).

The internal structures o f recent composite ridges 
at Eyjabakkajokull, an Icelandic surging glacier, 
have been studied by Croot (1988b) (Fig. 11.42). The 
principal subglacial structures are low-angle thrust 
faults dipping downglacier. Transport o f thrust slices 
over these faults resulted in overall extension. 
Proglacial structures record compression, and 
include stacked thrust sheets composed of outwash, 
tephra, turf, organic soil and peat beds, which form 
asymmetric ridges. In the more distal parts o f the 
moraine, smaller asymmetric ridges are the surface 
expression of anticlines or overturned anticlines.

Thrust-block moraines produced by proglacial 
thrusting o f blocks o f frozen outwash and raised 
marine sediments have been documented in the

EXTEN SIO N  CO M PRESSIO N

4
Sediment-gravity flow

Fig. 11.42 Examples o f thrust moraine form ation from  Iceland: (A) Hofdabrekkujokull (after Humlum, 1985b); (B 
Eyjabakkajokull, a fter Croot, 1988b)
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Canadian Arctic (Kalin, 1971; Klassen, 1982; Evans, 
1989a; D.J.A. Evans and England, 1991). In most 
examples, the bedding within individual blocks and 
block surfaces dip gently towards the glacier, sug
gesting that the moraines are composed of either 
imbricately stacked scales or partially rotated deep- 
seated blocks (Kalin, 1971). In some cases, however, 
bedding may dip away from the glacier snout, sug
gesting deep-seated wedging o f the advancing snout 
beneath proglacial sediments (D.J.A. Evans and Eng
land, 1991). The Canadian Arctic thrust-block 
moraines occur in areas where permafrost is often in 
excess o f 700 m thick, but they are located in valley 
bottoms either below the marine limit or below for
mer proglacial lake shorelines relating to the last 
glaciation. This suggests that permafrost may have 
been partially degraded below deep water bodies 
prior to the Holocene advances responsible for 
thrusting. Therefore, block failure could have been 
initiated along an unfrozen talik between newly 
aggraded postglacial surface permafrost and the 
degraded top o f the full-glacial permafrost. A  similar 
scenario may also apply to the Herschel Island 
hill-hole pair, where sea-level had dropped prior to 
the Buckland glacial advance, allowing permafrost 
aggradation to an unknown but perhaps shallow 
depth (Hill et al., 1985). Etzelmiiller et al. (1996) 
have noted that thrust-block moraines in Svalbard, 
which is within the region o f continuous permafrost, 
also occur only below the marine limit. They argued 
that the presence o f salt plays an important role in 
maintaining liquid water in permafrozen glacimarine 
sediments, weakening them sufficiently to allow 
large-scale thrusting. Thrust-block moraines occur at 
the margins o f cold-based glaciers in the Dry Valleys 
area, Antarctica, where they tend to be composed of

lacustrine sediments. Fitzsimons (1996) has argued 
that thrusting takes place when cold glaciers override 
weak, unfrozen lake-floor sediments. Unfrozen areas 
occur below either saline lakes or wet-based lakes 
which have a permanent ice cover but do not undergo 
full-depth freezing. As the glacier enters the lake, 
sediment blocks become frozen on to the base o f the 
glacier, but can be thrust forward because their 
deeper layers remain unfrozen. In summary, there
fore, the formation of thrust-block moraines in per
mafrost regions is thought to occur only within areas 
where unfrozen or only partially frozen sediments 
occur.

Ancient examples o f small composite ridges 
include the Brandon Hills in Manitoba, Canada 
(Aber, 1988b; Aber et al., 1989), and the Utrecht 
Ridge and associated hills and basins in the central 
Netherlands (Fig. 11.43; van der Wateren, 1981, 
1985; van den Berg and Beets, 1987; de Gans et al., 
1987). Both examples are composed predominantly 
o f glacifluvial sands and gravels. On the basis of 
structural evidence from the Utrecht Ridge, van der 
Wateren (1985) estimated that the imbricately 
stacked and gently folded thrust blocks have been 
pushed up at least 100 m from the basal decollement. 
The thrust blocks strike parallel to the ridge crest and 
dip at 35—40° towards the former ice margin. The 
composite ridges o f the central Netherlands have 
probably been excavated from the glacial basins that 
are now buried beneath the post-Saalian sediment 
cover, but as the basins were also partially excavated 
by subglacial meltwater they do not represent classic 
hill-hole pairs (van den Berg and Beets, 1987; de 
Gans etal., 1987). Small composite ridges were con
structed at the margins o f outlet glaciers in Scotland 
during the Younger Dryas Stadial (Section 1.7.2.4).

Fig. 11.43 Composite glaci
tectonic ridges and excavated 
basins in the central Nether
lands. Surface ridges are 
shown in black, buried ridges 
in stipple, and basins in hori
zontal hatching. Arrows rep
resent form er ice flo w  
directions. The ridges form  
part o f an extensive Saalian 
thrust moraine system stretch
ing from  the Netherlands 
across northern Germany. A: 
Amsterdam; U: Utrecht; R: 
Rotterdam. (M odified from  
Aber e t al., 1989, a fter van 
den Berg and Beets, 1987)
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Proglacially thrust blocks of raised marine sediments 
demarcate the former margins of glacier lobes at the 
Lake of Menteith in the Forth valley (Price, 1983; 
D.E. Smith. 1993), which may also consitute a 
hi 11-hole pair, and at Loch Don on the Isle of Mull 
Benn and Evans, 1993).

The influence of ice-marginal fan deposits on the 
development of thrust moraines has been considered 
by Boulton (1986). Figure 11.44 shows that the 
deposition of outwash fans at a glacier margin 
encourages proglacial glacitectonic deformation by 
providing a wedge of sediment in front of the snout. 
Glacifluvial incision will modify the form of the fea
ture (cf. Fig. 11.39) and syntectonic deposition will 
supply new material for subsequent deformation. 
Recent thrust ridges at Hofdabrekkujokull, Iceland, 
have originated in this way, with a minor amount of 
excavation of the foreland at the ice margin (Kruger, 
1985; Humlum, 1985b; Fig. 11.42). Thrusting is ini
tiated adjacent to the ice margin, and propagated on 
to the foreland as successive thrust slices. The form 
of the moraine is substantially modified by debris 
flows during and following formation. Pleistocene

examples of syntectonic outwash deposition ha’, e 
been described by van der Wateren (1987).

A  distinctive type of thrust moraine has beer 
described by Kruger (1993, 1994), on the basis • : 
annual observations at the margin of Slettjokull, Ice
land. The moraine forms by incremental stacking : 
sediment slabs in a three-phase process of: (a) early 
winter freeze-on of sediment below the glacier mar
gin; (b) winter advance of the glacier margin with it> 
frozen-on sediment slab; (c) summer melt-out of the 
sediment slab. If  the glacier margin reaches approxi
mately the same position in successive years. . 
moraine ridge will be constructed consisting < i 
imbricate slabs of melt-out till interbedded with 
debris flow deposits.

A  variation on Kruger’s model has been proposes 
by Matthews et al. (1995) to account for moraine for
mation at Styggedalsbreen, Norway (Fig. 11.45 
According to this clouble-layer annual melt-ou: 
model, two stratigraphic layers are added to embn - 
onic moraines at the end of each seasonal cycle 
rather than the single till unit in Kruger’s model. Or.; 
layer results from the melt-out of frozen-on till at the

(i) FORMED DURING RETREAT

(A) M ASS
BALANCE
CHANGES

(B) GLAC IER
FLUCTUATION

(С) GEOLOGICAL 
PRODUCTS

TIME

^ ^ E T R E A T

^ p J s m N G  “
' j  FA N

O V ERR ID IN G

PUSH ING 
i ^ F A N  
■ J  FORMATION

DISTANCE

FORMED DURING 
ADVANCE

Relationships between mass balance changes, glacier fluctuations and the outwash fans and thrust moraine; 
i : = result of ice-marginal fluctuations. (From Boulton, 1986. Reproduced by permission of Blackwell)
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11.45 A 'double-layer annual melt-out' model for 
~ ; ne formation based upon the moraine of Styggedals- 
э-ч- Norway: (A) late summer; (B) early winter; (C) late 
» '"s ': (D) midsummer. Ridge development is incremental 
я  ; 'esult of annual cycles at the glacier snout. (From 
W :- ~ews eta!., 1995, Reproduced by permission of Scandi- 
■в 5П University Press)

- ~ase, and the other from the deposition of 
r  .. iuvial sands and gravels as a supraglacial unit. 
D.-ng the winter, the thin glacier snout advances 
в  i undergoes up-arching over the embryonic 
и rjjne. The till and glacifluvial sedimentary units 
ж леп lowered on to the moraine during summer
и. ng of the thin snout. Matthews et al. (1995) 
dL ~ that this process involves no pushing, but sim- 
4l- oout up-arching at Flaajokull, Iceland, is associ- 
ni- - with sediment deformation, bulldozing and 
f i "g construction, presumably owing to the fact

. the ice margin continues to advance during the 
'Ummer when sediments on moraine proximal 

res have thawed.

- 3 '.3  CUPO LA  HILLS

h ill is the English translation of the Danish 
■гг -..ippelbakke, which was introduced by Smed 

' I  to describe irregular hills with the general 
eft . ‘-^eristics of glacitectonic landforms but lacking

a hill—hole pair relationship and/or the transverse 
ridged morphology of composite ridges (Clayton et 
al., 1980; Bluemle and Clayton, 1984). The charac
teristics of cupola hills can be summarized as fol
lows: (a) they have a dome-like morphology varying 
from near-circular to oval shapes with lengths of 
1-15 km and heights of 20- 100m; (b) internally, 
they are composed of detached and deformed floes of 
Quaternary sediments, older strata or bedrock; and
(c) they have a carapace of till which truncates the 
underlying structures. These characteristics indicate 
that cupola hills are subglacially overridden hill—hole 
pairs or composite ridges, and represent early stages 
in the development of drumlins or megaflutings (Sec
tion 11.2.4.4). In cases where the subglacial modifi
cation has been slight, transverse ridge morphology 
may be partially preserved and the cupola form will 
tend to lie transverse to former ice flow (cf. Fernlund, 
1988; Pedersen et al., 1988). With increasing sub
glacial modification, ridge forms tend to be replaced 
by more smoothed, elongated forms.

Examples of cupola hills composed entirely of 
Quaternary sediments include the island of Ven in 
Sweden, and Ristinge Klint, Denmark (Aber et al., 
1989). Yen is composed of gentle synclines disturbed 
by numerous thrust faults and overturned folds. The 
glacitectonic disturbance responsible for these struc
tures has produced two major transverse ridges, the 
surface of which is muted by a cover of discordant till 
(Adrielsson, 1984). In contrast, the topography of 
Ristinge Klint is subdued and drumlinized, similar to 
cupola hills on the nearby island of Aero (Smed, 
1962). C liff sections reveal that the area of Ristinge is 
underlain by more than 30 imbricately stacked scales 
of Quaternary sediments, each scale being up to 20 m 
thick and containing the same stratigraphic sequence 
of Saalian, Eemian and Weichselian strata (Fig. 11.46; 
Madsen, 1916; Ehlers, 1978; Sjorring et al., 1982; 
Sjorring, 1983). The internal stratification of each 
scale is little disturbed except for prominent drag 
folds associated with the thrust faults between scales. 
Thrusting of the scales is thought to have occurred at 
the ice margin during glacier advance and deposition 
of the upper, discordant tills; surface streamlining 
took place during subsequent ice overriding.

Excellent examples of cupola hills occur in the late 
Wisconsinan end-moraine systems that make up the 
offshore islands of New England, USA. The islands 
consist of glacitectonically disturbed floes or thrust 
scales of Cretaceous, Tertiary and Quaternary strata 
(Schafer and Hartshorn, 1965; Sirkin, 1980; Oldale 
and O ’Hara, 1984). Sections at Gay Head Cliff, 
Martha’s Vineyard, expose a series of imbricates 
scales, each 20-30 m thick and dipping upglacier. 
interrupted by overturned folds, low-angle thrust 
faults and occasional downdropped blocks or grabens. 
In places, the strata have been uplifted by over 160 m.
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(a)

Fig. 11.46 The internal structures of a cupola hill, Ristinge Klint, Denmark. This shows stacked scales of Quaternary st'ru 
(9-15), each separated by a thrust fault and associated drag folds. (From Sjorring et al., 1982. Reprinted by permission of v- 
Danish Geological Survey)

These impressive tectonic structures were recognized 
as being of glacial origin as long ago as the late nine
teenth century (Merrill, 1886b; Hollick, 1894; Wood- 
worth, 1897; Upham, 1899), although Shaler (1888,
1898) held the view that they were due to orogenic 
processes. The imbricate structures are truncated by a 
thin and discordant till cover which was deposited 
when the Martha’s Vineyard composite ridge was par
tially overrun by glacier ice (Kaye, 1964b). This over
riding produced the cupola hill of Gay Head, which 
lies transverse to the former ice flow direction and 
possesses gently sloping sides and numerous irregular 
surface knobs and depressions.

Other impressive examples of cupola hills have 
been described from the southern Barents Shelf 
(Saettem, 1994), and the island of M0n, Denmark 
(Aber et al., 1989). At the latter locality, structural 
evidence indicates that there were two phases of 
proglacial glacitectonic disturbance.

Viewed from the air, cupola hills may appear 
aligned in arcuate or transverse belts which conform 
to the former margins of glaciers. Where such belts 
occur they represent the positions of former large 
composite ridges that have been modified by sub
glacial moulding. A good example of an approxi
mately 20 km wide belt of rounded oval-shaped 
ridges occurs on the southern Alberta prairie around 
the city of Brooks (Fig. 11.47). These features lie on 
the crest of a wide ridge transverse to the former ice 
flow direction. Exposures produced by badlands ero
sion on the northern flank of the cupola belt reveal 
shallow anticlinal folds relating to glacitectonic dis
turbance (D.J.A. Evans and Campbell, 1992). These 
cupola hills delimit marginal lobes of the Laurentide 
ice sheet, which probably underwent compressive 
flow where they advanced against higher topography.
This appears to have initiated glacitectonic distur
bance and composite ridge construction, which was 
later subglacially moulded as ice overrode the site 
D.J.A. Evans, 1996).

“о»,»*’1”’’
Fluting axis 
Esker
Transverse moraine

4
Postglacial flood chutes 
Subglacial meltwater channels 
(extreme south of map)

1.3.1.4 M EG A BLO C KS AN D  RAFTS

■' e^-iblocks and rafts are dislocated slabs of rock and 
. - .: dated strata which have been transported

(b)
Fig. 11.47 An arcuate belt of oval-shaped ridges (cupc.; 
hills) in the vicinity of Brooks, southern Alberta, Canada: s 
enhanced Landsat image of the cupola hills; (b) interpret . - 
sketch map of the cupola hills and associated glacial fes 
tures. (From D.J.A. Evans, 1996)
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гг  :heir original position by glacier action (Jahn, 
Dellwig and Baldwin, 1965; Ruszcynska- 

- ch. 1976, 1987; Stalker, 1973b, 1976a; Sauer, 
'  ■ Traditionally, such rafts were assumed to have 

Kc • frozen on to the base of cold-based ice sheets,
- -ih it is now recognized that failure may occur 
fcr r a basal decollement in a subglacial deforming 
jm r Sections 5.3.5 and 5.6.1). Megablocks may 
шг _ _te from uprooted cupola hills, although it is 
■'. ~ difficult if not impossible to demonstrate 
~ — ~ment from the parent substrate unless there is 
еь:. - ..onally good exposure. Where they are sub- 

ir >ntal, megablocks and rafts may form flat
te red  buttes or plateaux and can be mistaken for 
’’i ’ ck outliers. Similarly, buried megablocks can 

'taken for bedrock if borehole logs or expo-
- .ire not available.
- :hough megablocks and rafts contain coherent 

tt of bedrock or sediment, they are also com-
traversed by shear zones, faults and brecciated 

. and may be folded (Aber, 1985a). A  limestone

megablock near Topeka, Kansas, is quite heavily 
fractured and contains some rotated blocks (Dellwig 
and Baldwin, 1965). The block measures 50 m X 
150 m and is only 1-2 m thick. It is separated from 
underlying striated limestone by a 30 cm zone of 
brecciated shale (the shale is normally 12 m thick) 
and glacial sediment. This particular block has been 
transported less than 1 km by horizontal sliding, but 
some far-travelled megablocks have been docu
mented. Rafts of Jurassic clay > 20 m thick at Lukow, 
Poland, are derived from Lithuania, more than 
300 km to the north-east, and are thought to have 
been transported in a frozen state (Jahn, 1950; 
Ruszczynska-Szenajch, 1976). A similar transport 
distance has been calculated for the Cooking Lake 
megablock near Edmonton, Alberta, Canada, which 
is 10 m thick and covers an area of approximately 
10km“ (Stalker, 1976).

A  good example of the subsurface expression of a 
megablock occurs in the vicinity of the Qu’Appelle 
Valley, Saskatchewan (Fig. 11.48). This block of

Fig. 11.48 The megablock 
of the Qu'Appelle Valley, 
Saskatchewan, Canada, (a) 
Bedrock contour map of 
Esterhazy and vicinity. The 
1600 ft contour defines 
the position of the mega
block of the Cretaceous 
Odanah Member and Rid
ing Mountain Formation 
(shaded). Black dots show 
test wells along the line of 
section used in Fig. 11.48b, 
and elevations of the 
bedrock surface in the test 
wells are shown in feet, (b) 
Subsurface cross-section of 
the megablock with a ver
tical exaggeration of 42X. 
(From Aber et al., 1989, 
after Christiansen, 1971b, 
and Sauer, 1978. Reprinted 
by permission of Kluwer)
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2 •Cretaceous shale is approximately 1000 km" in area 
with a maximum thickness of 100 m, and was dis
covered by borehole logging and bedrock contour 
mapping by Christiansen (1971b) and Sauer (1978). 
A well drilled at the western end of the megablock 
penetrated 80 m of brecciated and deformed bedrock 
of the Riding Mountain Formation and then 2 m of 
till. A large number of smaller megablocks composed 
of Cretaceous strata and sandwiched between Qua
ternary sediments have been described from southern 
Alberta, Canada, by Stalker (1973b, 1976a).

Steeply dipping rafts are more likely to have some 
surface expression, although they may be buried and 
difficult to identify without extensive borehole data. 
A  series of detached chalk rafts occur in till overly
ing limestone in quarry exposures at Kvarnby in 
Sweden, suggesting that they were removed from the 
Baltic Sea bed and transported more than 25 km 
before being imbricately stacked at angles of up to 
80° (Ringberg, 1980, 1983; Ringberg et al., 1984). 
These subsurface rafts lie beneath a structurally con
trolled low-amplitude hummocky topography which 
would be difficult to differentiate from a cupola hill 
without exposures. Similarly, chalk rafts in the 
Anglian till of Hertfordshire, England, have been 
identified in borehole records and as pale-toned 
patches in darker, freshly seeded fields on aerial pho
tographs (Hopson, 1995). Unlike the Swedish exam
ples, the Hertfordshire chalk rafts have been 
displaced only a short distance (mostly <1 km) from 
their origin by the southerly-flowing Anglian ice 
sheet.

11.3.2 Push and squeeze moraines

11.3.2.1 PUSH M O RA IN ES
Push moraines are small moraine ridges, usually less 
than 10 m in height, produced by minor (often 
annual) glacier advances (Fig. 11.49; Section 7.4.2; 
Worsley, 1974; Boulton and Eyles, 1979; Rabassa et 
al., 1979; Rogerson and Batterson, 1982; Sharp,
1984). They can be produced at either subaqueous or 
terrestrial ice margins, but we describe subaqueous 
push moraines separately in Section 11.6.2.2. Mor
phological terms that incorporate possible push 
moraines include washboard moraines (Mawdsley, 
1936; Gwynne, 1942; Elson, 1957; Thorarinsson, 
1967; Nielson, 1970), cross-valley moraines 
(Andrews, 1963; Andrews and Smithson, 1966) and 
corrugated ground moraine (Prest, 1968, 1983; 
Elson. 1969). The term ‘push moraine’ has also been 
employed by some researchers to refer to large-scale 
‘„citectonized moraine ridges (e.g. Rutten, 1960;

1971: Johnson, 1972; Boulton, 1986; Gold-
■ - 1989: Etzelmuller et al., 1996). The definition 
.adopted in this book excludes such glacitectonized

moraines, although it should be noted that soma 
moraines are formed by a combination of progL. . 
glacitectonics and ice-marginal bulldozing, ш  
small-scale glacitectonic structures may be preser.: n 
annual push moraines. A  working definition is 
glacitectonic moraines contain at least 25 per сещ 
glacitectonic structures which retain enough se,_ 
mentary bedding to enable identification of prin._  ̂
depositional process (Section 11.3.1; Huml_^ 
1985b; Kruger, 1985).

Push moraines vary widely in composition. .! 
can consist of subglacial till, mass moverne*; 
deposits, water-sorted sediments or large boulde* 
depending on the nature of the sediment on ii 
glacier foreland. Where glacier margins are debr 
covered, push moraines can consist mainh s 
supraglacial material dumped on to the forefield dir-

(b)
Fig. 11.49
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: z 11.49 Examples of push moraines with saw-tooth patterns, (a) Push moraines at the margin of Fjallsjokull, Iceland. Note 
~e crevassed glacier snout, which is responsible for the pecten and thus the saw-tooth pattern of moraine ridge develop- 
~ tit . Small flutings and boulders (F) are visible on the flat terrain on the distal edge of the outer moraines. The distance 
г :'3ss this view is approximately 200 m. (Aerial photograph (1965) Reproduced by permission of Landmaelingar Islands) (b) 

cross-valley moraines of the Isortoq River, Baffin Island. Note the saw-tooth nature of the moraine ridge morphologies. 
=1”oto: Jack Ives) (c) Map of nested end moraines with saw-tooth morphology and associated flutings at the southern shore 
." _ake Pukaki, New Zealand

;  the summer and pushed up during winter (Hewitt, 
-*67). Push moraines commonly have asymmetric

- ■ ss-profiles, with gentle proximal and steep distal 
:pes. The ice-proximal slopes of fresh push

_ raines are often covered with small flutings, 
"rcording glacier overriding and deformation. As the
- -cier retreats during the summer, sediment melting 
ut from the ice base and material at the crests of the

raines tend to feed subaerial debris flows, and so 
jelicate surface forms like the flutings get buried or 
destroyed.

Clast а-axis fabrics in push moraines on the fore-
- J  of Skalafellsjokull, Iceland, have been studied 

Sharp (1984), and summarized in a general model
Fig. 11.50). Beneath the ridge, undisturbed lodge

ment till (or deformation till) has strong preferred 
clast orientations and low upglacier dips (1), con
trasting with weaker fabrics and steeper upglacier 
dips of the proximal disturbed till (2) and the 
downglacier dips of the distal disturbed till (3). 
Surface sediments are characterized by weak fabrics 
of subaerial sediment gravity flows (5), weak ridge- 
parallel orientations of ice slope colluvium dropped 
on to the ridge crest from the glacier (6), and size- 
sorting of distal face avalanche debris (7). These fab
ric patterns help to illustrate the internal structure of 
push moraines, which consists of an asymmetric fold 
with an axial plane dipping upglacier. This structure 
is a reflection of the overall cross-sectional morphol
ogy of the moraines.
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Fig. 11.50 Idealized reconstruction of the internal fabrics of 
an annual moraine ridge based upon examples at Skalafell- 
sjokull, Iceland: 1) undisturbed lodgement till-strong fabric, 
low up-glacier dip; 2) disturbed lodgement till - weaker fab
ric with steeper up-glacier dip; 3) disturbed lodgement till - 
down-glacier dipping fabric; 4) laminated sands and silts 
overriden during ridge-forming advance; 5) sediment mass 
flow deposits - no preferred orientation, slope-conformable 
dip; 6) ice slope colluvium - weak preferred orientation par
allel to ridge crest; 7) avalanched debris with downslope size 
sorting. (From Sharp, 1984. Reprinted by permission of the 
International Glaciological Society)

Push moraines are broadly arcuate in planform, 
but in detail are often irregular and winding, reflect
ing the morphology of the glacier snout. Where the 
glacier snout is indented by radial crevasses, push 
moraines have striking saw-tooth planforms, with 
downvalley-pointing teeth and upvalley-pointing 
notches (Figs 11.49 and 11.51; Matthews et al., 
1979). Annual push moraines in front of Skalafell- 
sjokull and Fjallsjokull, Iceland, have saw-tooth 
forms where the glaciers are heavily crevassed and 
curvilinear forms where the glaciers are less 
crevassed (Price, 1970; Sharp, 1984). At B0dals- 
breen, Norway, Little Ice Age saw-tooth moraines 
have undulating crest lines, with high points at the 
notches and low points at the teeth. The teeth have 
asymmetric cross-profiles with steeper distal slopes, 
but the notches tend to be more symmetrical. The 
greater heights of the notches were explained by 
Matthews et al. (1979) as the product of accumula
tion of bulldozed debris in the recesses formed by 
radial crevasses in the glacier margin, whereas the 
lower heights of the teeth reflect the spreading of 
debris around advancing projections of ice between 
crevasses. Micro-scale saw-tooth forms also occur on 
the shallow proximal slopes of some saw-tooth 
moraines, recording minor oscillations of the glacier 
snout. Owing to the debris flow activity that charac
terizes freshly deposited moraines, such delicate 
forms do not have a good preservation potential.

The maximum height of the B0dalsbreen saw
tooth moraines is 9 m, although much larger Pleis
tocene saw-tooth moraines have been recorded (e.g. 
Andrews and Smithson, 1966). In New Zealand, 
saw-tooth moraines with notch crests up to 30 m high 
occur within last (Otiran) glaciation latero-frontal

Fig. 11.51 Aerial photograph of the saw-tooth moraine: 
on the glacier foreland of Bodalsbreen, southern Norwa 
(Photo: Fjellanger Wideroe)

moraine complexes in the vicinity of Whataroa. I t : 
unlikely, however, that such large features originate: 
solely by pushing. Smaller features of a similar ag: 
are well preserved among the push moraines of tb; 
southern end of Lake Pukaki, on the eastern flank 
the New Zealand Alps.

The planform of push moraines also depends or 
glacier activity. It is common to find younge- 
moraines overlying or completely consuming pan- 
of older moraines wherever summer retreat is sma 
and/or some winter readvances are more substantia 
than usual (Fig. 11.49; Sharp, 1984; Boulton, 1986 
Where glacier snouts are quasi-stable or ha\; 
reached a position where they are in equilibrium with 
their environment, large terminal moraines ma 
accumulate by annual accretion. Similarly, the 
absence of moraines relating to individual year- 
within a field of annual moraines can be explained t 
unusually large winter advances or longer-term reac- 
vances. These can result in ice advance that exceed 
several years of annual retreat, and so winter pus: 
moraines can be destroyed or incorporated into . 
larger moraine ridge (Rogerson and Batterson, 1981 
Boulton, 1986; Kruger, 1993, 1994).

Four types of push moraine ridge were observed ir 
front of Skalafellsjokull, Iceland, by Sharp (198— 
(Fig. 11.52). Type A moraines are the most common 
and possess fluted proximal slopes of deformatio' 
till recording glacier overriding. Type В moraine 
contain a type A  moraine core but also have an ice 
core and a surface veneer of resedimented debris o- 
the proximal slope. This results from the burying c: 
thin ice margins by sediment gravity flows. Type С 
moraines are also superimposed on type A  cores an; 
are formed wherever debris bands crop out on the ice
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Fig. 11.52 Annual moraine ridge for
mation based upon examples at 
Skalafellsjokull, Iceland: (A) simple 
ridges comprising deformed lodge
ment till; (B) ridges with ice core 
incorporated by the flow of ridge-top 
sediments back over the glacier mar
gin; (C) ridge with an ice core isolated 
beneath thick englacial debris bands 
which are exposed by backwasting of 
overlying ice; (D) ridge formed at the 
distal end of a marginal snowbank 
which has been pushed forward by 
the glacier. The flow of debris from 
the glacier has incorporated the 
snowbank into the ridge. (From 
Sharp, 1984. Reprinted by permission 
of the International Glaciological 
Society)

-"'ace. As clean ice melts back, the debris bands 
' -’ate underlying ice to produce an ice core on the 

mal slope of the moraine. Debris flows are then
- ~mon as the ice slowly melts out. Type D 
n \:ines are produced wherever marginal snow- 

. v ' are pushed forward and overridden by the 
r ._  er (cf. 0strem, 1963, 1964; Birnie, 1977). The 

bank may be incorporated into the moraine 
■~ere debris from the glacier falls over it and is 

:■ 'ited on the pushed ridge. The snowbank will 
. rr melt out and initiate debris flows.

- ‘irp (1984) argued that sediment delivery to the 
-_r in of Skalafellsjokull was by subglacial defor-

n . >n. as observed beneath nearby Breidamerkur- 
jpi' - (Sections 4.4 and 5.6; Boulton and Jones, 

Boulton and Hindmarsh, 1987). It has been 
. -r ested by Boulton (1979) that the till deformation

- :s in a net discharge of sediment towards the 
с  - er margin and the excavation of a submarginal 
-session parallel to the ice front. Therefore, the

of depressions between recessional push 
n _ines should vary according to the retreat rate.
S — 1984) suggested that the material eroded from 
H repressions by subglacial deformation would 
ж .. ~ulate at the glacier margin and may even be 
r, ied from beneath the ice, as a result of the ice- 
■~-.nal pressure gradient. This would explain the 
иг. _.:er dip of the clast я-axes on the proximal 

of push moraines. It was thought most likely
в . extrusion would occur at some time during the
* : er. presumably before or after any ice-marginal 
i :  - ::ng and when ablation is at its lowest. A  glacier 
t: - - _nce at the same time results in the bulldozing 
я  * e extruded sediments and the production of the 

rr.etric fold.

11.3.2.2 SQ UEEZE M O RA IN ES
The formation of minor moraine ridges by squeezing 
of saturated sediment from beneath ice margins has 
been observed in front of several glaciers (Section 
7.4.1; Price, 1970; Worsley, 1974). They are particu
larly common along the margins of the large south
ern outlet glaciers of Vatnajokull, Iceland, such as 
Fjallsjokull, Flaajokull, Skalafellsjokull, Brei- 
damerkurjokull and Heinabergsjokull, many parts of 
which are underlain by poorly drained, fine-grained 
till (Price, 1970; Benn, 1995). Newly formed 
squeeze moraines have steep or vertical sides and are 
rarely more than lm  high. Price (1973) reported 
steeply dipping or vertical pebble fabrics in fresh 
squeeze moraines in Iceland. Squeeze moraines tend 
to degrade rapidly, and are commonly subject to 
reworking by ice push, so that unmodified squeeze 
moraines are probably rare in the geomorphological 
record. Large, possible sublacustrine squeeze 
moraines on Baffin Island have been described by 
Andrews and Smithson (1966) (Section 11.6.2.2).

11.3.3 Dump moraines and ice- 
marginal aprons
Material accumulating at the surface of a glacier 
through the melt-out of debris-rich folia is ultimately 
subject to remobilization by mass flowage, fall or flu
vial transport. Where such material exists at the 
glacier margin, its remobilization may result in its 
being dumped on to the adjacent terrain during ice 
recession (Section 7.3). Depending on the rate of 
debris accumulation and glacier activity, a variety of 
sediment-landform associations will be created. For 
retreating glaciers, dumping of supraglacial material
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on to the former subglacial surface slowly emerging 
from beneath the ice produces a thin veneer of 
coarse-grained diamicton, or perhaps only sporadic 
collections of boulders (N. Eyles, 1979). Dump 
moraines will form where the ice margin remains 
stationary during debris accumulation (Boulton and 
Eyles, 1979), although they will be bulldozed into 
push moraines if the glacier undergoes a subsequent 
readvance (Section 11.3.2.1). Dump moraine size is 
related to supraglacial debris volume and the length 
of the standstill period. Small dump moraines will 
form where glaciers remain stationary during the 
winter but retreat during the summer, each moraine 
marking one winter’s increment of debris accumula
tion. The largest and most spectacular dump 
moraines, however, form at the margins of debris- 
mantled valley glaciers which occupy similar posi
tions for considerable periods.

The dumping of large quantities of debris around 
glacier margins builds up latero-frontal dump 
moraines (Fig. 11.53; Boulton and Eyles, 1979; 
Small, 1983, 1987b). Supraglacial debris slides, 
rolls, flows and falls from the glacier margins and is 
deposited as ice-contact scree (Section 7.3.1; Fig.
11.54). In mountain environments, the debris may be 
predominantly passively transported rockfall mater
ial, consisting of coarse, angular clasts with little 
matrix. However, actively transported debris can also 
crop out near valley glacier margins as a result of the 
elevation of basal debris septa, introducing matrix- 
rich debris to some dump moraines (Section 6.4.1; 
Small, 1983, 1987b). On some latero-frontal 
moraines, there is a tendency for clast roundness to 
increase down-moraine, towards the glacier snout 
position (Matthews and Petch, 1982). Benn and Bal- 
lantyne (1994) showed that, on the Little Ice Age ter
minal moraine of Storbreen, Norway, this increase in 
clast roundness is due to an increasing proportion of 
actively transported debris in the moraines closer to 
the former glacier centre-line (Fig. 11.55). In lateral

: fab-

Fig. 11.53 Large lateral moraines in the Koa Rong massif, 
Lahul Himalaya, India. (Photo: D.l. Benn)

positions, debris in the moraine is dominated b> ? . 
sively transported rockfall material.

The accumulation of dumped material at the 
gin of a thickening glacier results in a wedge-sh. 
moraine with crude internal bedding and clast I 
dipping away from the glacier at angles of betv.. 
10° and 40° (Fig. 11.54a, part A; Boulton and E\ 
1979; Small, 1983, 1987b). Coarse, bouldery la; 
within the moraine may be derived from glac:. 
transported rock avalanche material (Huml 
1978). The deposition of lateral dump morai- 
against valley sides creates swales between 
moraine and the valley wall, features rather inac. 
rately referred to as ablation valleys in the older 
erature (e.g. Oestreich, 1906; Mason, 1930). Веса 
their formation has little to do with ablation, 
alternative term valley-side depression is m 
appropriate (Hewitt, 1993). During glacier thinr.;- 
dump moraines are abandoned and their inner f 
are subject to collapse and reworking (Ballanr 
and Benn, 1994b). A  new inset dump moraine rr 
be formed within the older one if the glacier resta 
lizes at a new position, but such moraines will 
unstable if they are deposited on top of dead 
masses (Fig. 11.54a, parts В, C). Alternative 
renewed thickening of the glacier may dump ma:. 
ial on top of the old dump moraine, which ir 
become completely buried. In this case, periods 
non-deposition may be recorded by palaeosols 
even buried trees. Such buried organic material 
vides a very valuable source of palaeoclimatic data 
alpine environments (Rothlisberger et al., 1980).

Where dump moraines are deposited on steep \ 
ley sides, debris derived directly from the glacier 
interdigitated with sediment from the valley w„ 
(Fig. 11.56). For example, lateral moraines rec 
abandoned by the receding Tasman Glacier, К 
Zealand, contain interdigitated beds of, first, 
fied debris flows and fall-sorted debris avalanc 
material with beds dipping away from the glac 
margin; second, subhorizontally bedded allm i. 
deposited as kame terraces along the ice margin; 
third, debris flows and fall-sorted screes from ’ 
side paraglacial fans. Removal of lateral support 
glacier recession results in rotational failure of • 
inner slopes of the moraines. In many cases, S’ 
failures clearly extend up into the screes which w. 
deposited against the lateral moraines.

Lateral dump moraines on steep valley sides hu 
poor preservation potential, owing to rap 
paraglacial reworking of their ice-proximal fa. 
once the support of glacier ice is removed. On 
other hand, dump moraines deposited beyond 
confines of cirques or steep valleys are more likeh 
be preserved, because paraglacial activity is ge ■ 
ally less significant after glacier recession. Su. 
moraines can act as major barriers to subseque

. valie
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Fig. 11.54 Schematic reconstruction of the evolutionary stages of lateral moraines, (a) Based on the moraines of Glacier de Tsidjiore Nouve, Switzerland. (A) For
mation of lateral dump moraine by sliding of debris from the crest of a supraglacial lateral moraine on a rising glacier surface. (B) Formation of abandoned dump 
moraine by glacier recession and lowering glacier surface, followed by a limited readvance and formation of new dump moraine. (C) Formation of abandoned dump 
moraine and debris-covered dead ice mass by a rapid lowering of the glacier surface. Note the possible formation of shear planes between the dead and flowing ice. 
(From Small, 1983. Reproduced by permission of the International Glaciological Society) (b) the sequential development of lateral moraines by the process of sediment 
dumping from supraglacial positions, where A-D represent simple moraine development during a single glacier advance and retreat cycle. The numbers refer to the 
features labelled in E which depicts the sedimentology of the moraine produced in D. The arrows in the S.M. till (supraglacial morainic till) indicate a zone of glaci
tectonic disturbance produced during ice overriding. Note that lake sediments may also be deposited between the moraine and the ice margin even though they are 
not included in this model. In F the relationships between two separate landform-sediment suites are shown where, on the left, advance 1 is more extensive than 
advance 2 and, on the right, advance 1 is less extensive than advance 2. (From Boulton and Eyles, 1979. Reproduced by permission of Balkema)
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Fig. 11.55 Storbreen ciast roundness data. (From Benn and 
Ballantyne, 1994. VA and A denote very angular and angu
lar clasts (passively transported debris), and SA and SR 
denote sub-angular and sub-rounded clasts (actively trans
ported debris). Reproduced by permission of Elsevier)

glacier advances, and may be constructed over sev
eral glacial cycles. For example, the 100 m high lat
eral moraines of Kviarjokull, Iceland, are the product 
of incremental accumulation of Little Ice Age 
morainic debris over the top of an older latero-frontal 
moraine (Fig. 11.57; Thorarinsson, 1956a). The older 
moraine was responsible for restricting the flow of 
Kviarjokull, forcing it to remain as a linear outlet 
glacier, unlike other outlet glaciers of the Vatnajokull 
ice cap which descended on to coastal lowlands as 
piedmont lobes during the Little Ice Age.

Distinctive dump moraines known as frontal or 
ice-marginal aprons form around the margins of 
some arctic and polar glaciers (Shaw, 1977c; D.J.A. 
Evans, 1989b; Fitzsimons, 1997). These moraines 
form where debris and ice blocks accumulate at the 
base of steep, terminal ice cliffs by a combination of 
dry calving and limited melting. When forming, the 
_7' ns have steep ice-contact slopes and gentler ice-

distal slopes determined by the properties of re 
debris. However, they will be subject to consider_- 
modification following deglaciation, owing to *_*e 
ablation of incorporated ice blocks.

11.3.4 Latero-frontal fans and ramps
Deposition by debris flows and glacifluvial proce>'. 
around stationary glacier margins can result in

(c)
Fig. 11.56
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: g. 11.56 The lateral moraines, paraglacial alluvium and 
:oe deposits of glacier margins in tectonically active 

-ountain environments, (a) Subhorizontally bedded allu- 
* -m exposed by the rotational failure of lateral moraines 
r. :he receding margin of the Tasman Glacier, New Zealand. 
” ■= more recent lateral moraines which occur in the fore
round and to the left of this view comprise interbedded 
.araglacial sediment dipping towards the valley side and 

orked alluvium dipping towards the glacier. Older lat- 
5"al moraines can be seen in the middle distance, where 
~ ey  have remained in contact with the alluvium. Because 

-5 alluvium was deposited between lateral moraine and 
~e valley wall it is strictly paraglacial valley fill rather than 
= tame terrace, (b) The steep ice-contact slope of the left 
;:eral moraine of the Tasman Glacier and rotational failure 
s's in partially vegetated screes. The rotational failure is a 

rsconse to the removal of lateral support by the Tasman 
I a:ier during its recent recession, (c) Section through a lat-
- = moraine and debris flow fan at the margin of the Batal 
I acier, Lahul Himalaya. Note the stratification and change 
‘ bedding angle in the vicinity of the debris flow fan, 
= ~esting to the interdigitation of glacial and non-glacial 
r : ments in lateral moraines, (d) Latero-frontal moraines 

: '  the Hooker Glacier, New Zealand, showing the burying 
:* older moraine ridges by paraglacial fans fed by 
i Ranches and debris flows. (Photos: D.J.A. Evans)

Fig. 11.57 The large latero-terminal moraine complex of 
Kviarjokull, Iceland. The moraine exceeds 100 m in height in 
places and was produced as a result of the large debris vol
ume provided by the precipitous rock walls that confine the 
glacier in its middle reaches. (Aerial photograph, 1980, pro
vided by Landmaelingar Islands)

Fig. 11.58 Large debris-flow dominated ice-marginal fans, 
Batal Glacier, Lahul Himalaya. (Photo: D.J.A. Evans)

• -frontal fans and ramps, consisting of coalescent 
jebris fans which descend from the glacier snout 
Fig. 11.58; Owen and Derbyshire, 1989; Kuhle, 
>90). The outer slopes of such forms have much 
■-llower gradients than latero-frontal dump mor- 

. nes built up by rockfall and related processes. The 
■ner slopes are steep, consisting of the former ice-
- intact face, so that the whole landform has a pro- 
i unced asymmetric cross-profile. In some situations 
■here moraines are absent, fans and ramps provide 
■£ only evidence of former ice-marginal positions. 

Fms deposited predominantly by glacifluvial 
"  cesses grade distally into sandar, and are 
-r'Cribed in Section 11.5.1.1.

Large debris-flow dominated ice-contact fans 
occur at the margins of many debris-mantled 
Karakoram valley glaciers (Jones et al., 1983; Owen, 
1991; Owen and Derbyshire, 1993). The fan mor
phology develops over a considerable period, some
times involving several generations of deposition 
with intervening periods of abandonment. During fan 
accumulation, active depocentres shift position, 
reflecting changes in the morphology of the ice mar
gin and fan surface. As the fan progrades, surface 
angles tend to become progressively reduced. Melt- 
water exiting from englacial positions or draining the 
glacier surface locally excavates the ice-contact fan
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HAYNES SITE ---- sand and gravel I I MDS
|: "  :.| sand cobble or boulder

silt — '  bedding

Fig. 11.59 Log of a cross-section through a Pleistocene dump moraine, Durango, Colorado, USA. Rose diagrams are of pe: 
ble fabrics from matrix-supported diamicton units (MDS), interpreted as debris flow deposits. (From Johnson and Gil a~ 
1995. Reprinted by permission of the Geological Society of America)

or ramp faces to produce inset meltwater fans. The 
Karakoram ice-contact fans can reach heights of hun
dreds of metres, attesting to very high rates of debris 
transfer in this high-altitude, tectonically active 
region. Because debris flow fans and ramps are 
deposited partly over glacier ice, they may be char
acterized by pitted or degraded surfaces after ice 
melt-out. When ice-contact fans are abandoned by 
glacier retreat, the inner faces are susceptible to col
lapse and may provide material for lateral moraine 
development during ice recession.

Like lateral dump moraines, large fans and ramps 
may prove to be insurmountable obstacles for later 
glacier advances, and can act to constrain or channel 
the ice (see Section 7.3.1). An example of this occurs 
on the foreland of the Batal Glacier in the Lahul 
Himalaya (Fig. 11.58; Owen et a l., 1996a). Early 
glacier advances led to the production of piedmont 
lobes, but later events were constrained by debris 
flow ramps and were consequently less extensive.

The sedimentology of the fans and ramps is domi
nated by massive, often bouldery diamictons with 
beds up to tens of metres thick and dipping away 
from the glacier snout. Good examples of the inter
nal structure of dump moraines have been provided 
by Johnson and Gillam (1995), who conducted a 
detailed study of late Pleistocene moraines at 
Durango, Colorado (Fig. 11.59). Sections in the 
moraines expose interbedded debris flows and water- 
sorted sediments dipping away from the former glac
ier margin, comprising a series of ice-marginal fans. 
Limited exposures of melt-out till in low-level, ice- 
proximal positions show that, in places, sediment 
was deposited on top of debris-rich ice.

Well-exposed examples of coalescent ice-contact 
•_гь up to several hundred metres high occur along 
•_~.e -.est coast of South Island, New Zealand (Fig.

Coastal sections through the fans expose

Fig. 11.60 Stratified diamictons and crudely bedded дч= 
els deposited by avalanches, debris flows and slopewash 1 
a Pleistocene lateral debris fan, Wanganui River, So l "  
Island, New Zealand. (Photo: D.J.A. Evans)

crude to well-developed interbeds of clast-suppon. i  
and matrix-supported diamictons, poorly sort:, 
gravels and boulder to cobble-sized rubble un: 
recording deposition from debris flows and other I 
mass movements. Occasional pockets of glacilacL'- 
trine sediment, which have in some instances be;- 
glacitectonized, attest to the occurrence of shc~ 
lived proglacial lakes ponded between the ice marg 
and the fans during ice retreat phases. The dip dire - 
tions of the beds within the fans vary from one exp ■ 
sure to another, indicating deposition from a series of 
depocentres located at the ice margin and partial 
reworked during glacial advance and retreat cycle'
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Sedimentologically, ice-contact fans and ramps are 
ery similar to paraglacial slope deposits (Section
1.5.2), but can be recognized by the presence of a 
'гтсг ice-contact slope.

11.4 SUPRAGLACIAL 
ASSOCIATIONS
This section describes sediment-landform associa- 

ns that originate englacially or supraglacially, then 
evolve as they are progressively lowered on to the 
•ibstratum by glacier ablation. This section begins
- ::h medial moraines, which are supraglacial associ- 
.::ons resulting from longitudinal debris concentra-
?ns in the parent ice. The other associations 

-iscussed in this section are hummocky moraine, 
. ntrolled moraine, kame and kettle topography, ice-
- ailed lake plains, kame terraces and pitted sandar. 
Many of these associations result from topographic
■ ■ ersion and/or glacier karst development on debris- 
.intled glaciers (Section 6.5.4), and are commonly 

'eferred to as ice-stagnation topography. However, as 
'• Eyles (1983b) and Kirkbride (1993) have shown, 
see stagnation may occur only during a late stage in 
ле development of such forms, and then only in a 
r.atively narrow marginal zone, so that the presence 
: widespread supraglacial associations need not 
r.ply widespread glacier stagnation. Hummocky 
~ тате, kames and ice-walled lake plains are related 
r^tures, which reflect deposition predominantly by 

"ass movement, glacifluvial and glacilacustrine 
rrocesses respectively. In supraglacial environments, 
'  wever, these processes commonly operate in close 
'r '.ximity, and hybrid sediment-landform associa- 

:>ns may frequently be observed.

11.4.1 Medial moraines
Vedial moraines are prominent features on the sur
ges of many glaciers (Section 6.4.4), although they 
. not have good preservation potential because they 
. :ntain relatively little debris and are subject to 
".ense reworking during glacier melt. They some- 

tmies can be traced from modern glacier surfaces on 
proglacial surfaces, where they may be recogniz- 

ible as diffuse spreads of debris with distinctive 
‘nological composition or particle morphologies. 

H wever, such moraines commonly have no marked 
-rface expression, and may be very difficult to rec- 

ognize once the glacier foreland becomes vegetated.
• ecognition of ancient medial moraines is easier 
 ̂r.ere they consist of large boulders which may be 
_.ed back to their source outcrops (Fig. 11.61). An 

. usually clear example of an ancient medial 
в  raine emanating from mountainous topography

occurs on the Isle of Jura, Scotland (Dawson, 1979). 
The moraine is known locally as Scriob na Caillich, 
or the Witch’s Slide, and consists of angular quartzite 
blocks arranged in a series of parallel ridges which 
extend 3.5 km north-westward from the slopes of 
Beinn an Oir (Fig. 11.62). The moraine was pro
duced by the last (late Devensian) ice sheet, when 
Beinn an Oir stood above the ice surface as a 
nunatak.

In certain situations ice stream interaction-type 
medial moraines have a high preservation potential. 
Very large ice stream interaction medial moraines, 
>100m high in some areas, have been produced by 
the coalescence of ancient piedmont glaciers with 
well-developed lateral moraines on the west coast of 
New Zealand (Fig. 11.63). Because these features 
accumulated essentially as lateral moraines, they 
contain sediments characteristic of ice-marginal 
deposition (Section 11.3.3). However, the medial 
moraine cores commonly display glacitectonic struc
tures, and in places, carapaces of subglacial till record 
glacier coalescence and overriding. The interesting 
corollary is that such overridden interlobate features 
may well lie at the core of some megaflutings.

Large medial moraines, referred to as interlobate 
moraines, occur on the Canadian Shield and docu
ment the coalescence of the margins of different sec
tors of the former Laurentide ice sheet. The 
Harricana interlobate moraine, formerly separating 
the Hudson Bay and Labrador sectors of the receding 
ice sheet, stretches for 1000 km southwards from 
James Bay to Lake Simcoe, Ontario (Wilson, 1938; 
Hardy, 1977, 1982: Vielette, 1986. 1988) and com-

Fig. 11.61 Bouldery medial moraine near Glen Torridon, 
Scottish Highlands. The moraine is composed entirely of 
passively transported angular quartzite blocks. (Photo: D.l. 
Benn)
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Fig. 11.62 Examples of ancient medial moraines. (A) The 
Witch's Slide, a fossil medial moraine on the Isle of Jura, 
Scotland. 1: bouldery ridges; 2: quartzite bedrock escarp
ments; 3: talus-covered slopes of Beinn an Oir; 4: till; 5: 
Lateglacial marine limit; 6: raised cliffs; 7: raised beach 
ridges. The land surface slopes gradually from c. 400 m in 
the south-east to sea-level in the north-west. (Modified 
from Dawson, 1979) (B) The sequential development of a 
medial moraine in the centre of the Athasbaca Valley near 
Jasper, Alberta, Canada, (a) A well-developed medial 
moraine forms a substantial debris cover between the 
Athabasca and the Miette valley glaciers, (b) Bedrock 
benches on the valley sides become free of ice first, leaving 
a well-preserved fluted topography with little supraglacially 
derived material. Debris, derived from the medial moraine 
and by melt-out of the medial debris septum, accumulates 
on the ice surface and eventually develops into a linear, ice- 
cored moraine. Ice-marginal debris flow and fluvial deposits 
develop into kame terraces along the sides of the decaying, 
debris-covered ice mass, (c) During the final melt-out phase, 
a chain of kettle lakes forms in the area of the thickest 
supraglacial debris cover, and large gullies, faults and other 
collapse structures develop in the kame terrace deposits, 
owing to ice block decay. Morainal debris is also reworked 
by braided streams to produce a dissected and subdued 
series of kettle holes. (From Levson and Rutter, 1989b. 
Reprinted by permission of the Canadian Journal o f  Earth 
Sciences)

Ice (debris-rich at base) 
Subglacial till 
Supraglacial till (top)
Fluvial and \S.° 'I deposits

I Kettle lake 
Ш/Ж Bedrock

prises a series of ridges up to 10km wide and Ш  
high. The Burntwoodknife interlobate moraine. : 
merly separating the Hudson Bay and Keewatin 
tors of the receding Laurentide ice sheet, cover i  
distance in excess of 500 km on the west side of H .. 
son Bay and is composed of broad ridges of glac;J 
vial sediment and till. Individual segments are ur 
12 km long, 4 km wide and 60 m high (Fig. 1! 
Dredge et a l., 1986; Klassen, 1986; Dyke 
Dredge, 1989). The large quantities of sands 
gravels comprising these moraines were deposit; 
proglacial lacustrine environments during the 
stages of the Laurentide ice sheet, attesting t 
large-scale reworking of medial moraine debr: -
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ng glacier recession. In fact these features are 
egarded more as glacifluvial than supraglacial in ori

gin (Dredge and Cowan, 1989; Vincent, 1989).
Similarly, continuous esker systems may demar- 

, ле the former positions of medial moraines in glac- 
rrs or ice sheets. The deposition of a continuous 

e>ker ridge is clearly related to sediment supply, and 
“is may be assured wherever englacial meltwater 
.reams coincide with medial moraine positions. An 

example of glacifluvial reworking of a medial 
~.oraine in Breidamerkurjokull, Iceland, is docu
mented by Price (1969, 1973). A low-relief kame and
• ettle topography centred on the bottom of the 
-.thabasca Valley near Jasper in Alberta, Canada, is 
iterpreted as a former supraglacial medial moraine 
r\ Levson and Rutter (1989b). This feature has also 
'•een locally reworked by glacial meltwater and is 
..osely associated with glacifluvial landforms such 
is kame terraces (Fig. 11.62b).

11.4.2 Hummocky moraine and 
controlled moraine
~he term hummocky moraine has been employed in a 
«:de range of senses. As a purely descriptive term, it 
'is  been applied to moundy, irregular morainic 

pography exhibiting varying degrees of order, 
"jnging from entirely chaotic assemblages of 
rounds to suites of nested transverse ridges (Sis-
- 'ns, 1967; Benn, 1992b; Attig and Clayton, 1993; 
Eennett and Boulton, 1993a). Genetically, it has been 
. -ed to encompass landforms with a variety of ori- 
_.ns, including deposition in association with active 
-id stagnant ice, and glacitectonic deformation (e.g. 
-ioppe, 1952a; Gravenor and Kupsch, 1959; Stalker, 
+60; Aario, 1977; Bennett and Boulton, 1993a). 

'•[any authors, however, have employed the term 
-.ammocky moraine’ in a more restrictive sense, to 

•;ier to moraines deposited during the melt-out of 
:ebris-mantled glaciers (e.g. Harker, 1901; R .P

Fig. 11.63 (a) the impressive latero-frontal and ice stream 
interaction medial moraines of the New Zealand west coast, 
where large quantities of extraglacial debris accumulated 
at the lateral margins of glaciers debouching from the 
Southern Alps during the last glaciation. О = Okarito 
Lagoon, LM = Lake Mapourika, WR = Waiho River, GP = 
Gillespie Point, CR = Cook River, KR = Karangarua River, (b) 
Large lateral and medial moraines on the Payachatas mas
sif, western Bolivia. The moraines demarcate a series of ice 
tongues that fringed the northern volcano during the late 
Pleistocene. The southern volcano was created by more 
recent volcanic activity, and hence has no moraines of that 
age. (Image processed by D. Payne)

Sharp, 1949; Hoppe, 1952a, 1959; Winters, 1961; 
M J. Sharp, 1985b), and it is in this sense that the 
term is used in this book. This genetic definition 
should be applied only to suites of moraines whose
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origin has been established by detailed mapping and 
sedimentological analyses, because generalized 
descriptions of surface morphology alone are insuffi
cient to determine moraine genesis. For example, 
many tracts of so-called hummocky moraine in the 
Highlands of Scotland, originally believed to be 
chaotic ice stagnation topography (e.g. Harker, 1901; 
Sissons, 1967, 1974c, 1979a), have subsequently 
been recognized as nested push and dump moraines, 
or drumlins draped by supraglacial and ice-marginal 
deposits (Bennett and Glasser, 1991; Benn, 1992; 
Benn et al., 1992; Bennett, 1994; Bennett and Boul
ton, 1993a, b; see Section 12.6.1.3).

Hummocky moraine deposited from debris-man- 
tied ice can appear chaotic or linear in pattern, 
depending on the distribution of debris in the parent 
glacier and the patterns of debris redistribution and 
reworking during ice wastage. Occurrences with

pronounced transverse linear elements are termed 
controlled moraines.

Hummocky moraine is the end product of topo
graphic inversion cycles during the ablation of 
debris-mantled ice (Section 6.5.4.1). During ice 
ablation, debris is transferred away from topo
graphic highs on the glacier surface by mass move
ments and meltwater, exposing ice cores to renewed 
melting and creating new depressions in former high 
points. Further debris reworking and topographic 
development is achieved by meltwater streams 
meandering between dirt cones (Section 6.5.2), the 
collapse of englacial tunnels, and the enlargement of 
supraglacial lake basins (Section 6.5.4.2). Severa' 
cycles of debris reworking and topographic inver
sion may occur before the debris is finally deposited 
in a series of irregular mounds and ridges (Fie
11.65).

(a)
Fig. 11.64
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Fig. 11.64 (a) Surface mate
rials, major moraines, eskers 
and ice flow indicators on 
the south-west Canadian 
Shield. Note the positions of 
the Burntwoodknife and 
Harricana moraines, marking 
the locations of interlobate 
deposition. (From Dredge 
and Cowan, 1989. Repro
duced by permission of the 
Geological Survey of Canada) 
(b) Aerial photograph stereo- 
pair of a segment of the 
Burntwoodknife interlobate 
moraine near Settee Lake, 
northern Manitoba. The 
ridge is characterized by a 
number of attached deltas. 
The flow directions of the 
Hudson Bay and Keewatin 
glacier ice are indicated. 
(Reproduced by permission 
of the Department of Energy, 
Mines and Resources, 
Canada)

The distribution of controlled moraines is inher
ed from debris concentrations or septa within the

■ - ;nt glacier (Section 6.4.2). Transverse debris con- 
-. _:rations close to glacier margins may result from 
':  :hrusting of debris along shear planes (Gold- 

_it. 1951; Bishop, 1957; Souchez, 1967a), the 
’rgence of basal debris frozen on to the glacier 

i : i Boulton, 1970a), or reworked ice-marginal 
irons (Hooke, 1970; Shaw, 1977a; Hudleston, 

■~6: D.J.A. Evans, 1989b; Section 7.3.2). Such
- 'verse septa control the pattern of differential 
_:ion on the glacier surface, producing linear ice-

г.: -ed ridges which eventually become separated
■ the snout to form ice-cored moraines (Section 
2: 0strem, 1963, 1964). The morphological 

strression of englacial structures is always most 
~x:ng while the moraines retain ice cores. How-

г. ; uneven sediment redistribution during ice-core

wastage means that the final deposits tend to consist 
of discontinuous transverse ridges with intervening 
hummocks, preserving only a weak impression of the 
former englacial structure. Reworking by supra
glacial meltwater systems also acts to destroy large 
tracts of controlled moraine before they can be 
deposited on the ground surface (Fig. 11.66). 
Detailed descriptions of these processes on modern 
Svalbard glaciers have been presented by Boulton 
(1967, 1972b) and Drozdowski (1977). Patterns of 
debris reworking and deposition can also be con
trolled by crevasses or other lines of weakness within 
the ice, which can guide the final stages of glacier 
disintegration (Gravenor and Kupsch, 1959). 
Moraines formed by the melt-out of englacial 
debris concentrations were termed shear moraines 
by Bishop (1957) and Souchez (1967a), and Thule- 
Baffin moraine by Weertman (1961c). However, the
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Fig. 11.65 Chaotic hummocky moraine, Sandfellsjokuli, 
Iceland. (Photo: D.J.A. Evans)

broader term ‘controlled moraine’ is preferable 
because it encompasses the wide range of initial con
ditions that can result in the inheritance of debris 
concentrations by moraine form.

Another model of controlled moraine development 
has been proposed by Rains and Shaw ( 1981), on the 
basis of field studies in Antarctica. According to this 
model, uneven distribution of debris on glacier sur
faces is determined by ice topography, rather than 
englacial debris concentrations (Fig. 11.67). Debris 
accumulates in cusps melted on to the glacier sur
face, and between thrust blocks of ice near the mar
gin, and is then lowered on to the ground surface as 
hummocks of coarse-grained debris inset behind lin
ear moraine ridges.

The sedimentology of hummocky moraine is 
complex, reflecting multiple cycles of redeposition 
during its formation. Typical facies associations 
consist of interbedded debris flows and other mass 
movement deposits, laminated lacustrine sediments, 
and glacifluvial sands and gravels, in varying 
degrees of disturbance (N. Eyles, 1979; Paul, 1983. 
The constituent debris may be actively or passively 
transported, depending on the position of the 
moraine relative to debris transport paths in the par
ent glacier. In some cases, debris from different 
sources and transport paths may remain segregated 
within the moraine, giving rise to compositional 
stratification (Benn, 1992b). An exposure through a 
conical hummock in a field of chaotic hummocky 
moraine on the Isle of Skye, Scotland, is shown in 
Fig. 11.68. The exposure reveals diamicton lenses 
interbedded with water-sorted gravels and sands, all 
displaying faults, slumps and other collapse struc
tures. and is interpreted as a series of debris flow 
deposits and glacifluvial sediments which have 
--.iergone syndepositional deformation and rework-
- d renting to the meltout of buried ice. Other well- 
. г -ed examples of complex sediment successions 

. ~m xrky moraine are on the Lleyn Peninsula in

Fig. 11.66 Model of controlled moraine development fr:~  
transverse debris concentrations in a glacier snout. 1: de: 
released at glacier surface; 2: foliation; 3: debris banc - 
shear fault; 5: outwash collecting between stagnant 
ridges; 6: supraglacial debris accumulating from the rre~- 
out of debris bands; 7: relatively clean ice surface result' ; 
from mass flowage of melt-out debris; 8: small mass floM  
on the surface of stagnant ice hummocks; 9: lodgement t 
10: supraglacial channels reworking mass flows from st=:- 
nant ice; 11: large supraglacial mass flow; 12: delta a::, 
mulation in supraglacial ponds; 13: elongate ice r ::-> 
protected from melting by the accumulation of supraglc: . 
sediment as debris bands melt out; 14: absence of col:-:, 
structures in sediment deposited directly on to bedrock: ' : 
collapse structures; 16: interdigitating mass flow diamic: - 1 
and glacifluvial sands and gravels; 17: subglacial meh-:.*: 
tills. (Modified from Boulton, 1972b)

north Wales (Boulton, 1977b; McCarroll and Hc~
1992), where interbedded debris flow diamict * . 
sands and gravels overlie subglacial sediment s e 
dations.

In certain situations, debris-rich basal ice may г ; : 
out contemporaneously with supraglacial sedime" „ ■ 
tion, resulting in a two-layer stratigraphy consistaJ 
of a lower assemblage of meltout tills and an ur ~ • 
assemblage of debris flows, glacifluvial sands mm 
gravels, and glacilacustrine silts. An excellent ex _ n ■ 
pie of this stratigraphic succession was describe.: *
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Distal Proximal

glacier ice
and englacial debris

PASSIVE 
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progressive ablation
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and melt-out till

Fig. 11.67 The evolution of 
two types of controlled 
moraine based upon exam
ples from Antarctica. Type 1 
moraines are produced 
where there is abundant 
debris on the ice surface, and 
Type 2 moraines involve a 
sparse supraglacial debris 
cover. (From Rains and Shaw, 
1981. Reproduced by permis
sion of the International 
Glaciological Society)

tnson et al. (1995) from the hummocky moraine 
' western Wisconsin, where supraglacial sediment 
".hought to have been lowered vertically on to a 

■~'al melt-out sequence. Variations in the thickness 
‘ ?asal debris concentrations and thus the melt-out 

are considered to be important to the production 
-he final hummocky forms in western Wisconsin, 

"-'тег than the effects of supraglacial topographic 
: -ersal alone.

‘ 1.4.3 Kame and kettle topography
Ksmes are steep-sided, variously shaped mounds 
. ‘posed chiefly of sand and gravel, formed by 
-*raglacial or ice-contact glacifluvial deposition 
~ rnes, 1947). The term has a Scottish origin and is 

ler.ved from the word cam or kaim meaning 
-■ ked and winding or steep-sided mound’, and
■ d.nally encompassed eskers (Geikie, 1894). In the

i  -..al geomorphological literature, however, the 
tr-r. 'kame’ is employed for discontinuous or ter

race-like features, in contrast with more continuous 
esker ridges. In practice, it is not possible to draw a 
firm line between kames and eskers, and many tran
sitional forms exist.

The term ‘kame’ has been used in several, some
times confusing, senses in the literature. It is com
monly used as a noun but has been used as an 
adjective, as in kame plateau, kame terrace, kame 
delta and kame moraine. Many of these terms are of 
limited usefulness, and duplicate more accurate ter
minology. Kame deltas, for example, are simply ice- 
contact deltas (Section 11.6.5.2). In this section, we 
discuss kame and kettle topography, comprising 
assemblages of mounds and hollows. Kame terraces, 
or ice-contact valley-side terraces, are described in 
Section 11.4.5.

Kame and kettle topography forms tracts of 
mounds and ridges (kames) and intervening hollows 
(kettles or kettle holes). The kettle holes may be 
filled with water, and represent areas of subsidence 
caused by the melting of buried ice. whereas the
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Fig. 11.68 An exposure 
through hummocky moraine 
on the Isle of Skye, Scotland. 
Pie diagrams show propor
tions of basalt and Beinn 
Dearg and Glamaig granites, 
and suggest compositional 
stratification. (From Benn, 
1992b)

kames are upstanding masses of glacifluvial deposits 
(Fig. 11.69). Kettle holes also occur on otherwise 
continuous outwash surfaces, known as pitted out
wash (Section 11.4.6). The difference between kame 
and kettle topography and pitted outwash reflects the 
relative importance of glacifluvial deposition and the 
melt-out of buried ice in the form of the final land- 
form assemblage. Kame and kettle topography may 
appear completely chaotic, but some degree of 
lineation or pattern is not uncommon (Paul, 1983). 
Linear patterns provide evidence for controlled depo
sition, reflecting former englacial and supraglacial 
debris concentrations, crevasse patterns and/or 
drainage systems.

Kame and kettle topography forms where large 
quantities of debris are reworked by supraglacial 
and englacial drainage systems during the final 
stages of glacier wastage (Fig. 11.70; Cook, 1946a, 
b; Clayton, 1964). Kames are commonly found in 
association with hummocky moraine (Section
11.4.2), from which they can be differentiated by 
their morphology and composition. The presence of 
flat or gently sloping plateau surfaces, representing 
remnant glacifluvial terraces, is particularly diag
nostic (Christiansen, 1956; Hartshorn, 1957; 
Gravenor and Kupsch, 1959; Winters, 1961; Clay
ton, 1964; Marcussen, 1977). Additionally, kames 
tend to have smoother slopes than hummocky 
moraine, because of their less variable internal 
composition. Exposures in kames reveal bedded 
sand and gravel fades with variable internal geom
etry depending on conditions during deposition. 
Interbeds of lacustrine and mass flow deposits may 
also be present (Huddart, 1983). There is usually 
some degree of internal folding and faulting due to 
the removal of supporting ice, particularly towards 
kame margins. The greatest amounts of disturbance 
« ill be associated with supraglacial or englacial 
deposits let down on to the substratum (Boulton,
1972b; Karczewski. 1974; Huddart, 1983; Ham- 
brev. 1984: Brodzikowski and van Loon, 1991). 
The most common structures are steep normal 

■- - unding down-faulted masses (McDonald 
ir.c Shilts. 1975).

Fig. 11.69 Kame and kettle topography on the foreland of 
Sandfellsjokull, Iceland. (Photo: D.J.A. Evans)

The presence of glacifluvial sediments can often 
be inferred even where good exposures are lacking. 
One useful criterion is the presence of numerous 
rabbit burrows in mounds, indicating the occurrence 
of easily excavated sand. The morphology of sur
face clasts is also a useful indicator of water-worn 
materal (King and Buckley, 1968; Sugden and lohn. 
1976). Kames represent proximal glacifluvial 
deposits, and clasts tend to be less well rounded 
than in more distal outwash deposits, but better- 
rounded than in subglacial fades. It should be 
noted, however, that clasts may have been subject to 
complex transport and depositional histories, and 
care must be taken not to attach too much signifi
cance to roundness statistics, unless large samples 
are taken.

Elongate kames may be produced by the filling of 
surface crevasses by glacifluvial sediment (Flint. 
1928; Holmes, 1947; Johnson, 1975). If  such sedi
ments do not penetrate close to the bed, any resulting 
landforms will have poor preservation potential, 
owing to severe disturbance during glacier ablation. 
An example of a series of possible supraglacial 
crevasse-fill ridges occurs on north-west Ellesmere 
Island, Canada (Fig. 11.71: D.J.A. Evans, 1990a). The 
ridges were deposited along the coalescence zone of 
two outlet glaciers during the last glaciation and now
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: g. 11.70 Schematic models for the production of various types of kame: (A) kame terraces; (B) isolated kame hills or 
■rounds; (C) kame plateaux. (From Brodzikowski and van Loon, 1991. Reproduced by permission of Elsevier)

■end obliquely across the contours of a valley side. 
They probably represent the fluvially reworked lower
* rtion of a medial moraine in the ablation zone,
■ -vause they are composed of sand and gravel hum- 
~iocks and, although heavily disturbed by melt-out, 
. ntain pockets of well-sorted sediments.

11.4.4 Ice-walled lake plains
:e-walled lake plains are irregularly shaped, flat- 
pped mounds which represent the infillings of for

mer ice-walled lakes (Section 6.5.4.2), which are left 
.lS positive relief features when the surrounding ice 
—lelts (Clayton and Cherry, 1967; Parizek, 1969). 
'• lany ice-walled lake plains have raised rims around 
:ne central plateau which are typically composed of 
glacifluvial or mass movement deposits. These rims

record late-stage deposition from the ice walls into 
the infilled lake basin, or subsidence of the central 
area due to melting of a central ice core. In many 
cases, however, the central parts of the mounds show 
little evidence of subsidence or collapse, indicating 
that deposition, at least in its final stages, took place 
on firm ground. Late Pleistocene examples in west
ern Wisconsin are shown in Fig. 11.72 (Johnson et 
al., 1995). The plains range in area from 1 to 13 km", 
with a typical area of around 2 km", and have similar 
surface altitudes. They commonly have a rim stand
ing 3-10 m above the centre of the plain, partly com
posed of diamicton that flowed from the ice slopes 
surrounding the lakes. The interiors of the plains con
sist of up to 20 m of glacilacustrine silts, whereas 
stream- and wave-sorted sand and gravel commonly 
occurs round the margins.
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Fig. 11.71 Linear kame ridge (k) deposited at the conflu
ence of tw o  glacier snouts, Phillips Inlet, north-west 
Ellesmere Island, Arctic Canada. Note the lateral meltwater 
channels cut at retreating glacier margins (direction of 
retreat shown by arrows; v = main valley). Scale bar repre
sents 1 km. (Aerial photograph reproduced by permission of 
the Department of Energy, Mines and Resources, Canada)

11.4.5 Kame terraces
Kame terraces are gently sloping depositional ter
races perched on valley sides, which are deposited by 
meltwater streams flowing between glacier margins 
and the adjacent valley wall (Fig. 11.73 (Plate 23); 
Mannerfelt, 1945, 1949; Flint, 1957; Sissons, 
1958b). Flights of kame terraces may occur on valley 
walls, documenting periodic reduction of the glacier 
surface during terrace formation (Sissons, 1958b, c). 
During deglaciation, the ice-contact faces of kame 
terraces are very unstable and are thus prone to col
lapse through debris flows and landslides. Addition
ally. melt-out of buried ice within kame terraces 
often produces a kettled or pitted surface. In a study 
of a kame terrace in Alaska, McKenzie (1969) dis- 
_ overed that only 4 m of sand and gravel was overly- 
:ng approximately 35 m of glacier ice. In such
- nations the terrace form is not likely to survive 
r.r.il melt-out of buried ice.

Although composed predominantly of fluvial 
-_~d- ind gravels, kame terraces may also contain

lacustrine sediments which collect in epheme-. 
ponds, and debris flow diamictons derived direc: ■ 
from the glacier surface (e.g. Huddart and List?- 
1981; de Jong and Rappol, 1983; Levson and R 
ter, 1989b). Coarsening-upward sequences hi : 
been reported from some kame terraces, which ĉ n 
be interpreted as indicating an increase in stre^- 
discharge concomitant with glacier retreat (Jo'r\ 
1972; Sugden and John, 1976; Levson and RutT:- 
1989b). Kame terraces can sometimes be confu^. 
with formerly continuous outwash surfaces th_t 
have been reduced to valley-side terraces by pc • - 
glacial incision (Section 11.5.1.1). However, 
wash terrace remnants on opposite valley sioe» 
should have similar gradients and altitudes, wher; _ • 
paired kame terraces may have different gradier 
reflecting differences in ice-margin morpho! . i 
(Gray, 1975).

A number of features identified as ancient кал : 
terraces may in fact be slope deposits which ac.. 
mulated between lateral moraines and the valley s: dc. 
but can easily be differentiated from true kame :: 
races if exposures are available. An example of a :e-- 
race deposited on top of a lateral moraine at 
margin of the Tasman Glacier, New Zealand. > 
shown in Fig. 11,56a.

11.4.6 Pitted sandar
Pitted sandar, also referred to as kettled sandc. - a  
kettled outwash plains, are sandar which are crate-, J 
by hollows left by the melt-out of isolated bu~: J 
blocks of glacier ice (Maizels, 1977). The ice К , L 
may originate in two main ways: (a) as remnant- - . 
glacier snout, detached from the rest of the glacie- r 
differential ablation (Rich, 1943; Price, 1969: C-. 
tavson and Boothroyd, 1987); and (b) as iceb;-_ 
transported on to the sandur surface by f lo o d s :. - 
particularly jokulhlaups (Churski, 1973; G_ 
1973; Klimek, 1973; Maizels, 1992). In either a  
deposition of glacifluvial sediments may partial', i 
completely bury the ice blocks, leaving hoi'. • 
when the ice melts. Although case (b) refer- 
proglacial environments, pitted sandar formed b\ ш 
melt-out of transported ice blocks are included ir. 
section because of their close genetic similar:: 
supraglacial pitted sandar.

Patterns of deposition on supraglacial sandar a 
strongly controlled by patterns of ablation 
underlying ice. For example, the late Pleist . 
Orrisdale Outwash Member of the Isle of Ma- 
been interpreted as a supraglacial sandur in 
patterns of sedimentation were controlled by
verse ridges of dead ice, perhaps reflecting eng__
debris concentrations (Fig. 11.74; Thomas - - л
1985). A series of marginal sandar were bu ■ 
between the dead-ice ridges until melt-out and f



Fig. 11.72 Map of ice- 
walled lake plains among 
hummocky moraine in west
ern Wisconsin, USA. (From 
Johnson eta/., 1995. Repro
duced by permission of Scan
dinavian University Press)

ice-walled-lake plain
lake number/elevation, r

ice-margin position
contour interval 5 m

\  ^

Fig. 11.74 Depositional sequence 
produced in an ice-marginal 
supraglacial sandur based upon inter
pretations of the Orrisdaie Outwash 
Member on the Isle of Man. Fluvial 
sedimentation is guided by the chang
ing supraglacial topography of melt
ing ice. Stages A -С  show sequential 
evolution of the sandur system to pro
duce the final facies assemblage in D. 
The inset 1-3 shows the stages in the 
development o f a marginal sandur 
and traces the progressive melt-out of 
stagnant ice ridges and the widening 
of the sedimentation system. Assem
blage A  comprises typical gravel and 
sand glacifluvial outwash and Assem
blage В comprises predominantly 
overbank fines. (From Thomas et al., 
1985. Reprinted by permission of John 
W iley & Sons)
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aggradation caused outwash widening and sandur 
coalescence. A particular type of pitted outwash 
sometimes occurs in mountainous terrain where large 
segments of wasting glacier lobes become isolated in 
valley bottoms and then buried by outwash (Fleisher,
1986). Ice melt-out produces large depressions 
termed dead-ice sinks. Numerous closely spaced 
sinks can coalesce to form a single elongate depres
sion with a complex bottom topography, referred to 
as a dead-ice moat (Fig. 11.75).

Features resulting from the melt-out of ice blocks 
transported by jokulhlaups on Myrdalssandur, Ice
land, have been studied in detail by Maizels (1992). 
Ice melt produces boulder ring structures, between
3 m and 40 m in diameter, consisting of near-circular, 
boulder-rich rims surrounding a central depression 
(Fig. 11.76). The rims are highest on the downstream

flanks of the structures, and gaps may occur in the 
rim on the upstream flanks. Four principal types o: 
ring structure were observed, which reflect the 
amount of sediment held within the ice block (Fig 
11.77). Type 1 is a normal kettle hole produced b\ 
the collapse of outwash materials surrounding _ 
clean ice block; Type 2 is a rimmed kettle, which po>- 
sesses a diamicton drape in the central depression 
and low-amplitude bouldery diamicton rims; Type 3 
is a crater kettle, which possesses a thick diamictor 
lining and thick boulder-covered diamicton rims; anc 
Type 4 is a till-fill kettle, produced by the melt-out с: 
a heavily sediment-laden ice block and therefor^ 
constituting a mound of diamicton centred over . 
depression in the outwash.

The morphology and sedimentology of the boul
der ring structures were linked to the sediment con-

(a)
Depositional environment Landforms and stratigraphy

braided streams 
across valley ^  
train

partially ^  
buried ice 
block
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M Moraine
Hi-Ow High-outwash as valley train
Ot Outwash terrace
Lo-Ow Low-outwash, low relief

hummocky terrain
Lp Lacustrine plain

|д°| sand and gravel
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|o ■ I
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i______ i______ i km
0 1 2
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Fig. 11.75 The developme- 
o f dead-ice sinks (a) a - : 
moats (b) w ith associate: 
landforms and stratigraph s 
in deglaciated valleys bas-r: 
upon examples from v~<s 
Appalachian Plateau of Ne 
York. (From Fleisher, 19:: 
Reprinted by permission zr 
the Geological Society ; 
America)
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Fig. 11.76 Ring structures 
indicative of iceberg melt-out 
after a jokulhlaup on a distal 
residual bar surface of 
Myrdalssandur, Iceland. Ring 
diameters are 20-25 m and the 
view is looking upstream. 
(Photo: Judith Maizels)

.--.tration of ice blocks with the aid of laboratory 

. periments. Maizels (1992) introduced an index of 
morphology (RM1) which approximates the rel- 

. ve volumes of rim ridges and hollows in ring 
'  -jctures, and so is a volumetric measure of sedi
ment concentration of the ice block relative to its 
- _meter:

RMI 2 wh 
DH X 100 (11.5)

- 'ere vv is the width of the rim ridge, h is the height 
: : the rim ridge, D is the diameter of the structure, 
.- J H is the depth of the hollow. The dimensions of 
be ring structures vary with both the sediment

- ncentration and the depth of burial of the ice 
• jck; rim height and width increase in direct rela-
- n to sediment concentration and inversely with 
icpth of burial. This relationship is demonstrated by 
r.e relation:

RMI = 23.62Д. -  1.02bC (11.6)

nere Dh is the depth of burial relative to ice block 
■ =-;ght, С is the sediment concentration by volume, 
~-.d b is an empirically determined constant.

Using these formulae, Maizels (1992) calculated 
:_t. for ice blocks buried at depths of 0.3 X H ■, 
■ here Я; is the height of the ice block), the forma- 
:n of Types 2, 3 and 4 ring structures requires sed- 

ment concentrations of 5-20 per cent, 20-60 per 
.ent and >60 per cent respectively.

Kettle holes may become completely infilled with 
■ediments if sandur aggradation continues during 
".e melting of buried ice blocks. In this case, no sur

face expression remains, but buried kettle holes are 
preserved in the sedimentary record as downfaulted 
blocks bounded by steep normal faults (Fig. 11.77: 
Type 1). The amount of displacement of such faults 
will decrease upward if downfaulting occurred dur
ing sediment aggradation. This is because the 
deeper layers which were deposited immediately 
above the ice block will experience the greatest 
amount of subsidence, whereas shallower layers, 
deposited after some of the block has already 
melted, will experience less. The uppermost layers, 
deposited after complete melt-out of the block, will 
be undeformed.

T YP E  1: 'Normal1 kettle hole T YP E  2 : 'Rimmed1 kettle

° * ° ° I  о izzzzzzĵ ’0 ° " о 
° ° ° о  Ь*о « О  O

TYP E  2: 'Crater' kettle TYP E  4: 'Till-fiir kettle

° ° c>° ° <=> ° О О ° С) о  O ° ° О  ° 0  ° о О ° о ° о

Fig. 11.77 Schematic reconstructions of the four types of 
ring structure produced by the melting in situ of ice blocks 
on sandur surfaces. Types 1 to 4 represent a progressive 
increase in sediment concentration of the parent ice block. 
(Modified from Maizels, 1992)
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11.5 PROGLACIAL ASSOCIATIONS
This section discusses sediment-landform associa
tions deposited in terrestrial proglacial environments 
by glacifluvial and slope processes.

11.5.1 Sandar and valley trains
Most proglacial rivers carry large amounts of sus
pended sediment and bedload, and this is character
istically deposited in extensive, gently sloping 
outwash plains known by the Icelandic term sandar 
(singular: sandur). Narrow tracts of outwash 
hemmed in by valley sides in mountainous terrain are 
termed valley trains. The streams responsible for 
sandar and valley trains are typically braided, owing 
to a combination of steep gradients, abundant bed
load, cohesionless bank and bed material, and fluctu
ating discharges (Section 3.9.2; Fahnestock, 1963; 
Cheetham, 1979; Miall, 1992). The migration of 
braided channels and intervening bars during out
wash accumulation results in very distinctive facies 
associations, careful study of which allows the for
mer hydrological environment to be reconstructed in 
some detail. Some sandar are periodically inundated 
by jokulhlaups, or glacier outburst floods (Section 
3.5), and exhibit facies associations which differ in 
many respects from those deposited by ‘normal’ 
meltstreams fed by glacier ablation cycles.

This section examines the morphology of sandar 
and valley trains, goes on to describe the sedimentol- 
ogy of ‘normal’ and jokulhlaup-influenced sandar, 
and concludes by briefly examining methods for 
reconstructing palaeodischarges from ancient 
glacifluvial deposits.

11.5.1.1 M O R P H O L O G Y

The proximal ends of sandar and valley trains may be 
located at: (a) former glacier terminus positions; (b) 
the outlets of periodically draining ice-marginal 
lakes; or (c) some distance below former ice margins 
where stream velocities fall, such as where narrow, 
confined gorges open out into broad valley floors. 
Where sandar commence at a former ice margin, 
feeder channels may occupy gaps in moraines. Alter
natively, moraines may be absent, and the upper edge 
of the sandur may simply be marked by an abrupt 
upglacier-facing scarp known as an ice-contact slope 
which records the location of the ice when the sandur 
was being deposited. Such ice-contact slopes are also 
known as outwash heads, and may be the only evi
dence for former glacier limits in cases where ice- 
~arginal deposition was dominated by glacifluvial 
rr. cesses.

Hutwash heads sometimes form ice-contact fans,
. • - :"g of cone-shaped sediment accumulations

radiating out from former feeder points and grading 
down on to a lower sandur surface. The geometry of 
such fans reflects the routeing of meltwater, which 
can be strongly constrained by the ice-marginal 
topography. Two contrasting examples, from the 
respective forelands of Fjallsjokull and Brei- 
damerkurjokull, Iceland, were described by Boultor.
(1986). The north-eastern margin of Fjallsjokull is 
banked against a hillside, forcing meltwater to drain 
parallel to the glacier snout and between abandoned 
moraines, resulting in narrow, linear fans. In contrast, 
the southern margin of Breidamerkurjokull is uncon
fined by topography, and therefore meltwater from 
the glacier produced a series of coalescent outwash 
fans, which formed a ramp sloping down from the 
margin towards the coast. In its proximal zone thi> 
outwash was deposited over the thinning ice margin, 
thereby producing ice stagnation topography upor. 
melt-out of buried ice. The characteristics of outwasr 
deposited over buried ice are described in Section'
11.4.3 and 11.4.6.

A characteristic feature of many sandur surfaces i> 
the presence of terraces at higher levels than thr 
active channel. Indeed, in the case of ancient sandu: 
plains, the entire surface may take the form of ter
races perched high above the modern river channel 
Flights of several terraces may be present. Depos:- 
tional terraces record episodes of sediment aggrada
tion (sandur formation) followed by incision 
Incision may be focused in the central part of the san
dur, leaving paired terraces on both sides of the val
ley, but if incision is accompanied by migration o: 
the active channel towards one valley side, a single 
unpaired terrace may be preserved on the opposii; 
side (Fig. 11.78). The switch from aggradation t- 
incision may result from external forcing, such a 
changes in climate or base level, or from intern, 
changes within the system, such as local sediment 
dynamics (Dawson and Gardiner, 1987). In glaciate*: 
catchments, the most common causes of terrace for
mation are fluctuations in sediment supply or fluv:_ 
discharge. For example, sandur aggradation will 
encouraged during the paraglacial period in the earl. 
stages of deglaciation, when large quantities f 
unconsolidated sediment can enter the fluvial syste' 
(Sections 7.6 and 11.5.2.1). When the supply of sec- 
iment begins to be exhausted, incision will occur 
rivers maintain high capacity for sediment transport 
this will be the case particularly if abundant meltu 
ter is still available from receding glaciers. Major ter- 
race systems in many glaciated regions are known : 
have formed in full-glacial conditions, when larj; 
amounts of sediment were introduced into lowla-; 
catchments. In Britain, the Main Terrace in the Se 
ern basin can be traced southward from ice-conu.: 
deposits at the limit of the last (Devensian) glaciat: - 
(Shotton, 1977; Dawson and Bryant, 1987; D a\\' *
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: ;  11.78 Glacifluvial terrace formation. (Modified from 
e and Walker, 1984)

. ' i  Gardiner, 1987), whereas some high fluvial ter-
- in the Thames basin have been correlated with
■ - earlier Anglian glaciation (Gibbard, 1985, 1988). 

Incision in one part of a sandur will release sedi- 
-~t from storage, sending a pulse of sediment into

it er parts of the system, which may initiate local 
--gradation. Thus terrace formation may occur at 

:erent times in proximal and distal parts of a 
. .hment, depending on local sediment dynamics. 
' e tendency for fluvial catchments to exhibit 

t -:hronous patterns of aggradation and incision has 
*ten termed complex response by Schumm (1977) 
■: Patton and Schumm (1981), who warn against 

'о  simplistic an interpretation of terrace sequences
■ :erms of climatic change. Further discussion of 

' -er terrace formation can be found in Dury (1970),
•ve and Walker (1984) and Dawson and Gardiner

1987).

‘ 5.1.2 BRAIDED RIVER FACIES ASSOCIATIONS

■ ^raided river environments, the aggradation and 
gration of bedforms and larger-scale dunes, bars

. ‘ - channels produce a wide range of facies associa- 
_ as. Such associations can be usefully viewed as 
< ^iment packages at a range of scales (Allen, 1983;

Miall, 1985a, 1992; Bristow, 1996). At the smallest 
scale, sediment packages comprise individual lami
nae or beds laid down from single pulses of sediment 
(Section 10.4; McKee and Weir, 1953; Allen, 1963, 
1982a). At larger scales, stratification is defined by 
bounding surfaces, which represent former surfaces 
of erosion or non-deposition lying between deposi
tional units. Several orders of bounding surfaces can 
be recognized, with progressively wider lateral 
extent and environmental significance (Fig. 11.79; 
Allen, 1982a, 1983; Miall, 1985a, 1992). Sets of 
strata deposited during the migration of single bed
forms are bounded above and below by first-order 
surfaces', and cosets, or groups of sets deposited dur
ing migration of assemblages of bedforms, are 
bounded by second-order suifaces. Successively 
higher-order surfaces (up to eighth order according 
to Miall, 1992) define progressively larger deposi
tional units. According to Miall (1985a, 1992), fourth 
and fifth order surfaces define architectural elements, 
representing large-scale components of the fluvial 
landscape, such as longitudinal bars and channel 
fills. Architectural elements combine to form deposi
tional systems representative of different fluvial 
styles. Miall (1985a, 1992) defined eight basic archi
tectural elements characteristic of fluvial deposits, 
which can then be used to reconstruct fluvial deposi
tional styles from sediment exposures (Fig. 11.80). 
The eight elements are:

1. Channels (CH). This element represents the infills 
of channels. Typical facies include ripple cross
laminated sands and cross-bedded sands and grav
els, recording the downstream migration of 
bedforms within the channel. With care, trans
verse sections can be used to reconstruct former 
channel dimensions, geometry and patterns of 
migration (Bristow, 1996).

2. Downstream accretion macroforms (DA). This 
element comprises cosets of downstream-dipping 
cross-beds resting on a flat or channelized base, 
representing the downstream migration of bar 
fronts. DA elements are particularly characteristic 
of braided streams. They commonly have a com
plex internal geometry consisting of multiple 
cosets bounded by a hierarchy of erosion surfaces, 
which represent the migration of superimposed 
bedforms (e.g. ripples superimposed on dunes 
superimposed on bars).

3. Lateral accretion macroforms (LA). These forms 
consist of sets of cross-beds that dip transversely 
or obliquely to the main channel trend, recording 
the lateral migration of bank-attached or mid
channel bars. LA macroforms also develop on the 
insides of channel bends, where deposition 
occurs, while erosion takes place on the opposite 
bank. Facies may be predominantly gravelly or
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Fig. 11.79 Scales of depositional events in a fluvial system, 
showing a hierarchy o f bounding surfaces. Circled numbers 
represent the ranks of the bounding surfaces, from (1) first- 
order surfaces marking the migration of bedforms to  (6) 
sixth-order surfaces between major depositional cycles. In 
diagram (c) the tw o-le tter codes refer to the architectural 
elements defined in the text and Figure 11.80. (From Miall, 
1992. Reproduced by permission of the Geological Associa
tion of Canada)

<-»o°no-*о* a , ! . - °  °Gms.

sg
SG Sediment gravity flow GB Gravel bar and bedform

DA Downstream accretion LS Laminated sand

[0.2 -  2.0m OF Overbank fines

Fg.  11.80 Eight architectural elements of fluvial deposi-
• :* -rom  Miall, 1992. Reproduced by permission of the 

:c  :a Association o f Canada)

sandy. The vertical thickness of LA and DA 
macroforms reflects the original bar top to channel 
height, minus any subsequent erosion, and is typ
ically less than a few metres.

4. Gravel bars and bedforms (GB). Low-relief 
gravel surfaces form a major element of many 
sandar, and are represented in sections as exten
sive tabular sheets of massive gravel and sets of 
trough and planar cross-bedded gravel (Sections
10.4.4 and 10.4.7). This element commonly 
occurs on top of LA or DA macroforms, recording 
the migration of bar tops over former channel 
margin positions.

5. Sediment gravity flow (SG). This element consists 
of channelized or tabular lenses of poorly sorted 
gravel or diamicton, deposited by debris flows or 
related processes such as hyperconcentrated flow? 
(Sections 10.4.9 and 10.5.5). Such elements are 
common on the proximal reaches of some sandar 
and along the margins of some valley trains, 
where they represent mass flows from glacier mar
gins or steep valley sides.

6. Sandy bedforms (SB). This element includes 
lenses and sheets of horizontally bedded, ripple 
cross-laminated and cross-bedded sand, and 
records deposition on bar surfaces and in chutes 
and minor channels. This element commonly 
occurs on top of gravel bars and bedforms, where
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lg-upward sequences may provide evidence 
f  ■ r deposition during waning flow.

incited sand sheets (LS). Laminated sand 
‘ eets are extensive tabular units of horizontally 

-eided sand, deposited by ephemeral sheet floods, 
""'ey are uncommon in proximal sandar, but occur 
т 'Ome distal successions (e.g. Landvik and 
Mingerud, 1985).

1. ■ : ’-hank fines (OF). This element consists of
■ _nket-like drapes of massive and laminated silt, 
.~ d forms a major component of the floodplain 
. rosits of meandering non-glacial rivers. How- 

-■ OF elements occur locally within sandur

deposits, particularly in distal environments where 
they infill abandoned channels.

These architectural elements can be recognized in 
many sandur and valley train deposits, although not 
all researchers employ the terminology proposed by 
Miall (1985a, 1992). For example, Dawson (1985), 
Dawson and Bryant (1987) and Dawson and Gar
diner (1987) have described extensive exposures in 
the Main Severn Terrace near the southern margin of 
the last British ice sheet, and recognized three main 
architectural elements (Fig. 11.81). Association A is 
equivalent to Miall’s GB element, and consists of lat-

- c  11.81 Vertical profiles and block diagram showing the facies architecture in late Devensian outwash gravels at Holt 
Worcestershire, England. (From Dawson and Bryant, 1987. Reproduced by permission of SEPM)
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erally extensive sheets of massive and cross-bedded 
gravel which were interpreted as bar cores. Associa
tion В is composed of discontinuous, thin sheets of 
massive and horizontally laminated sand, with subor
dinate amounts of gravel, isolated cross-bedded or 
ripple cross-laminated sand, and thin mud drapes. 
The association was interpreted as bar top deposits 
laid down by shallow, waning flows, and is appar
ently equivalent to Miall’s SB element. Association 
С consists of cosets of cross-stratified sand and 
gravel occupying broad, shallow channels. This asso
ciation was interpreted as the infills of channels by 
migrating bedforms, and is equivalent to element 
CH. The geometry of these elements in the expo
sures, and their relationship to one another, records 
sediment aggradation in a dynamic braided river 
environment, in which channels and bars constantly 
shifted position.

Another good example of architectural analysis of 
braided river deposits is a study of last glacial 
(Wiirm) outwash in northern Switzerland by Siegen- 
thaler and Huggenberger (1993). Three elements 
were recognized, (a) The first was extensive tabular 
sheets of poorly sorted gravel with a matrix of silt 
and sand. These occur at high levels in the deposit as 
single beds or sets of beds up to several metres in 
thickness, and were interpreted as former ‘traction 
carpets’ deposited from hyperconcentrated floods 
(Section 10.4.9; Todd, 1989). This is probably equiv
alent to Miall’s sediment gravity flow (SG) element,
(b) The second element was horizontally bedded, 
well-sorted gravels. This element comprises sheets a 
few metres to tens of metres wide and 1-2 dm thick. 
Sheets may grade laterally into cross-bedded gravels 
or abut inclined surfaces of older gravel. This associ
ation is similar to Miall’s GB element, and was inter
preted as the deposits of migrating gravel sheets or 
incipient mid-channel bars within wide, shallow 
channel reaches (Section 3.9.3; Ferguson, 1993). (c) 
The third type of deposit was large-scale trough fills. 
These range from a few metres to more than 100 m 
wide and 0.5-6 m deep, and are filled with cross-beds 
of sand and gravel. Cross-bedding is generally sub
parallel to the trough margins, giving the fills an 
onion-like appearance. This association is interpreted 
as the infills of deep, migrating scour pools, and is a 
special case of Miall’s CH element. The pool and 
mid-channel gravel sheets (associations (c) and (b)) 
were interpreted as the products of moderate-magni- 
tude floods, and the poorly sorted gravel sheets (asso
ciation (a)) as the deposits of high-magnitude floods. 
Facies and structures of low-magnitude flows were 
not recorded, indicating that differential sediment 
preservation can play an important role in the final 
jr.oracter of sandur deposits.

R:; irous three- or two-dimensional analysis of 
r ial sediments is very time-consuming and

requires extensive exposures. As a result, many stud
ies have utilized one-dimensional vertical pror. t 
analysis to record and interpret glacifluvial succe* 
sions, using Walther’s law to infer spatial patterns i  
deposition from conformable facies association- 
(Sections 10.2.2.3 and 10.2.3). Repetitive vertL_ 
transitions between facies can be identified quantk. 
tively by Markov chain analysis, which determir.r 
the probability that particular sequences will ocl. 
(Fraser, 1982; Landvik and Mangerud, 1985 
Thomas et al., 1985; Dawson and Bryant, 198“ 
Sequences with a high probability of occurrence an; 
interpreted as recurrent associations represent:'. 
common depositional cycles. This approach has : « 
limitations, as it ignores the type of bounding surfa„. 
between units and therefore tends to group togethe- 
facies which are not genetically related. Furthermore 
it obscures the true geometrical relations between 
facies by a statistical averaging procedure. Neverth;- 
less, it allows the identification of repetitive faciei 
sequences which record common depositional ever.;* 
such as major floods, the migration of bars, and tn 
infilling and abandonment of channels.

The range of variation in braided river depo' ■ 
was illustrated by Miall (1977, 1978), who defir.r. 
several type examples of braided river succession» 
based on published descriptions of well-known fi_- 
vial sequences (e.g. Williams and Rust, 1969; R_ 
1972b, 1978; Boothroyd and Ashley, 1975). The t\:-. 
examples, or facies models, which are most rep-.- 
sentative of glacifluvial sequences are named t 
Trollheim-type, Scott-type, Donjek-type, and Plat:: 
type assemblages, named after the North Amen,.- 
rivers where they were first recognized (Table 11.2 
Miall (1977, 1978) represented the models um~. 
vertical profiles, which can be equated with thrt. 
dimensional architectural element diagrams pren
ted by Miall (1985a), as shown in Figs 11.82 anc 
11.83. The models do not represent distinct 
separate styles of deposition, but fixed points or . 
continuum of variation. Nevertheless, they are us; 
ful points of reference which exemplify contra> 
ing styles of sedimentation in a range of sane, 
settings.

The Trollheim-type vertical facies succession 
dominated by massive, clast-supported gravels ar 
matrix-supported gravels, representing braid b_n 
and debris flow deposits, respectively. This succr 
sion is equivalent to stacked architectural eleme- 
GB and SG, and is typical of proximal settings whe- 
debris supply is large relative to water discharge.

The Scott-type succession is named after the S. 
outwash fan in Alaska studied by Boothroyd щ . 
Ashley (1975), and is typical of fluvially domin-': i 
proximal sandar. The dominant sediments ш  
stacked massive to cross-bedded gravel units (C-r 
which record the aggradation and migration of Ion г



'2 0  e 11.2 Facies assemblages associated w ith vertical facies models of Miall (1977, 1978)

________________________________________________________________________________________________________  S e d im e n t - l a n d f o r m  A s s o c ia t io n s  499

■ ' -del type Environment Main facies Minor facies
Tr ;!heim type Proximal rivers

(predominantly alluvial 
fans) subject to debris flows

Gms, Gm St, Sp, FI, Fm

tt type Proximal rivers (including 
alluvial fans) with stream 
flows

Gm Gp, Gt, Sp, St, Sr, FI, Fm

I > njek type Distal gravelly rivers (cyclic 
deposits)

Gm, Gt, St Gp, Sh, Sr, Sp, FI, Fm

> _:h Saskatchewan type Sandy braided rivers (cyclic 
deposits)

St Sp, Se, Sr, Sh, Ss, SI, Gm, FI, Fm

; -ле type Sandy braided rivers (virtually 
non-cyclic)

St, Sp Sh, Sr, Ss, Gm, FI, Fm

5 ju Creek type Ephemeral or perennial rivers 
subject to flash floods

Sh, SI Sp, Sr

— 'a l bars. Channel scours underlie gravel units but
::en difficult to identify, owing to the similarity 

r ‘^in sizes between units. Thin lenses of sand, rep- 
r~:ing deposition in abandoned channels or bar- 

: - - 'and wedges, are interbedded with the gravel
- Fining-upward gravel to sand units can also be

■ .'red . and document deposition through the wan- 
I 'tages of high flow.
The Donjek-type is typical of intermediate reaches 
-_ndar, where average particle sizes are smaller

- '  in proximal environments. Intermediate reaches 
к  '.end to exhibit several topographic levels, with a 
-•• ed differentiation into active channels and inter

fluves which are inundated only during exceptional 
flood events. The succession consists of: (a) massive 
gravels (GB); (b) cross-bedded, horizontally bedded 
and ripple cross-laminated sands (SB); and (c) 
drapes of fine-grained sediments (OF) in repeated 
fining-upward sequences. These sequences docu
ment the aggradation and then abandonment of chan
nels (deposition of gravel followed by sands and then 
fines), reflecting frequent channel and bar migration 
(Bluck, 1979). Similar fining-upward sequences have 
been identified by Markov chain analysis of late 
Palaeozoic glacifluvial deposits in India (Casshyap 
and Tewari, 1982). An important component of this
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sandur environments. (From 
Miall, 1978. Reprinted by 
permission of the Canadian 
Society o f Petroleum Geolo
gists)
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A В

Fig. 11.83 Block diagrams showing the braiding patterns associated w ith the type fluvial facies successions shown in Fic 
11.82. (A) Proximal sandur w ith  braid bars and debris flow  deposits, equivalent to the Trollheim-type vertical facies succes
sion. (B) Fluvially dominated proximal sandur, equivalent to the Scott-type succession. (C) Multi-level intermediate sandi.- 
equivalent to the Donjek-type succession. (D) Distal sandur, equivalent to  the Platte-type succession. (From Miall, 1985 
Reproduced by permission of Elsevier)

vertical sequence is the occurrence of diamicton 
clasts at the base of the massive gravel facies, inter
preted as ice-proximal bar deposits. Diamicton clasts 
are often regarded as indicative of rapid aggradation 
of jokulhlaup deposits (Section 11.5.1.3). In contrast 
to the Scott type, which contains >90 per cent gravel, 
the Donjek type contains anywhere between 10 and 
90 per cent gravel, and therefore contains a wider 
range of recognizable bedforms.

The Platte-type vertical facies succession is 
regarded as typical of distal reaches of sandar, 
although it is named after the non-glacial Platte River 
of Colorado and Nebraska (Smith, 1971; Blodgett 
and Stanley, 1980; Miall, 1983b). Runoff is spread 
between numerous shallow distributaries, and pre
dominantly sandy bedload is transported in migrat
ing linguoid bars, dunes and other bedforms. The 
resulting facies association is dominated by sandy 
bedforms with abundant cross-bedding (SB). Minor 
gravel lenses and overbank fines may also be present.

Miall (1983b) also adopted a fifth sandur model, 
applicable to the extreme distal reaches of glacially 
influenced rivers where the sediment source is pre
dominantly wind-blown material (loess) and the 
resultant deposits are dominated by silts. The model 
was proposed by Rust (1978), on the basis of studies 
of the Slims River in the Yukon, which is character
ized by low-relief channels and bars. The resulting 
Slims-type association consists of massive, laminated 
_"d ripple cross-laminated sandy silts deposited in 
drapes and migrating bedforms. According to Miall

(1983b), no Quaternary or ancient successions of th 
type have been described.

The lithology, morphology and grain size distr 
bution of particles in glacifluvial sediments prov:_. 
important sources of information on sedime~: 
provenance and transport. Clast lithological ana. 
sis, or statistical analysis of the rock types of r i \ : - 
gravels or finer particles, has often been employ;:, 
to correlate widely separated terrace fragments - 
sediment exposures (Bridgland, 1986). For exan 
pie, Rose (1987a, 1989c) used particle lithology : 
correlate scattered exposures of Middle Pleistoce- : 
gravels and sands in the English Midlands ar . 
East Anglia, indicating the former existence of . 
major west- to east-flowing drainage system. Th: 
appearance of extra-basinal, erratic material in fi. 
vial sediments can be used to determine when gk. - 
iers first appeared in a catchment, providing . 
powerful method of palaeogeographic reconstn.. 
tion (e.g. Shotton, 1977; Green et al., 1980; Gi~- 
bard, 1988).

On many sandar, particle morphology and grc i 
size show systematic downstream variations a>  ̂
result of selective transport of particles and progre ■ 
sive abrasive wear (cf. Werritty, 1992). For examp ; 
Wightman (1986) demonstrated that glaciflu'. _ 
gravels in front of two Norwegian glaciers disph; .. 
downstream reduction in maximum grain size ane . - 
increase in particle roundness (Fig. 11.84). S_. ■ 
trends may be blurred by several factors, indue -. 
local variations in depositional environment, and :::
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Fig. 11.84 Downstream varia
tion in grain size (top panel) 
and roundness (lower panel) in 
front o f Charles Rabotsbreen 
(CR) and Corneliussenbreen 
(C), Norway. (From Wightman, 
1986. Reproduced by permis
sion of the Quaternary Res
earch Association)

■ r  -iuction of older sediment by bank erosion or 
П kitary streams.

'  5.1.3 JO K U L H L A U P -D O M IN A T E D  FACIES
-5 5 0 C IAT I0 N S

Sun iar that are periodically inundated by glacier out- 
' . floods or jokulhlaups (Section 3.5) exhibit very 

active facies successions, which can be used to 
-. "struct the type of flood event and flow charac- 

te". sties. The most exhaustive work on jokulhlaup 
'its is that of Maizels (1989a, b, 1993), who

- ".pared the sedimentology and morphology of 
рн -Ihlaup-dominated and ‘normal’ sandar in south- 
rz Iceland.

r_izels recognized three types of facies succes- 
s< - эп Icelandic sandar, controlled by the runoff and

- "lent supply regimes of each glacifluvial system.
: /  or non-jokulhlaup sandar occur where runoff 

» ation-related and seasonal, and have the charac- 
-~ 'iics described in Section 11.5.1.2. Type II or 
Sr '-glacial jokulhlaup sandar develop where cata-

■ rnic floods are triggered by ice-dammed lake 
Jr. -.age, such as drainage of Lake Graenalon at the

r .n of Skeidararjokull. Type III or volcano- 
(L  :j/ jokulhlaup sandar occur where catastrohpic 

" ff is triggered by subglacial volcanic eruptions, 
as the 1918 jokulhlaup on Myrdalssandur fol- 

fc»ing an eruption of Katla below Myrdalsjokull 
J  "'Son, 1982; Tomasson, 1996). Maizels identified 
<й*ега1 vertical facies associations, which she was 
j ' 1 r :o relate to different flow regimes and sediment 
irc'ies. The associations formed by jokulhlaups 

■ere labelled Types A-С , with subtypes, and are 
й . -‘.rated in Fig. 11.85.

Limno-glacial jokulhlaup sandar are dominated, 
at least in their proximal zones, by coarsening- 
upward gravel units interpreted as flood surge 
deposits (profile C5, Fig. 11.85). The gravels are 
clast-supported and dominantly subrounded. These 
deposits are overlain by a fining-upward sequence of 
cobble and pebble gravels, then horizontally lami
nated pumice silts, sands and fine gravel, interpreted 
as a post-surge waning flow sequence. The whole 
inverse-to-normally graded succession records rising 
then falling discharges over a single jokulhlaup 
event. Rounded till balls have been observed in such 
deposits, indicating that local tills had been eroded 
by the flood, but deposition rates had been too rapid 
for complete disaggregation of the eroded blocks 
(Fraser et al., 1983).

Volcano-glacial jokulhlaup sandar are dominated 
by lithofacies profile types A and B, but profile types 
С and other facies associations may occur as minor 
components on a localized scale (Fig. 11.85). Type A 
profiles consist of massive to crudely bedded gran
ules of tephra and pumice, deposited by hypercon
centrated flows. The deposits may include clasts, 
stringers or inclusions of other materials that were 
easily incorporated into the flow. Type В profiles, 
especially B3, are the most widespread facies associ
ation on volcano-glacial jokulhlaup sandar. They 
comprise massive granule gravels capped and some
times underlain by horizontally bedded or trough 
cross-bedded granule gravels. Profile Type B3 is 
characterized by four distinct units. Unit 1 consists of 
coarse-grained, crudely bedded, clast-supported 
gravels or pumice granules, interpreted as pre-surge 
sediments derived from pre-existing sandur deposits. 
Unit 2 is composed of massive to crudely bedded
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pumice granules, interpreted as the products of 
hyperconcentrated flows associated with the main 
flood surge. Unit 3 comprises trough cross-bedded 
pumice granules which are separated from Unit 2 by 
an erosional contact, and Unit 4 comprises horizon
tally bedded pumice granules and sands. Units 3 and

4 are interpreted as the products of post-surge condi
tions during which deposition was by increasing.;, 
shallow fluid flows.

The variability in vertical facies sequences fron 
non-jokulhlaup and jokulhlaup sandar is summarize^ 
in Fig. 11.86, which relates the different runoff ar._
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11.85 Vertical lithofacies profiles (Types A, В and C) from the jokulhlaup sandar o f Iceland. Facies codes explained in 
“ i :  ’ 2.3. (From Maizels, 1993. Reproduced by permission of Elsevier)
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sediment supply regimes of the three sandur types 
(I—III) to characteristic vertical profile models. The 
large difference in thickness of sedimentary units 
related to one discharge event between jokulhlaup 
and non-jokulhlaup sandar is very striking. The dis
tinctive inverse-to-normal grading of the limno- 
glacial jokulhlaup sandur profile reflects the rising 
and falling flood stage. In contrast, the volcano- 
glacial jokulhlaup sandur profile has relatively con
stant grain size distribution throughout, reflecting the 
predominance of easily disaggregated volcanic erup
tion products. As a result, rising and falling flood 
stages, and changing sediment transport mecha
nisms, are represented by differences in sediment 
structure.

Figure 11.87 shows how facies associations 
deposited by jokulhlaups vary systematically with 
flow type and grain size distribution of the available 
sediment. A continuum of flow types is shown along 
the horizontal axis, ranging from high-concentration, 
cohesive debris flows to low-concentration, turbulent 
fluid flows. Sediment grain size distribution is repre
sented on the vertical axis, which shows the relative 
abundance of a coarse gravel mode (c) and a finer- 
grained pumice fragment mode (f). This continuum 
diagram simply demonstrates that deposits will 
increase in coarseness as the source materials get 
coarser, so that the granular sediments of volcano- 
glacial sandar plot towards the top of the diagram



504 G l a c ia t io n

VERTICAL LITHOFACIES PROFILES OF JOKULHLAUP SANDUR DEPOSITS,
SOUTH ICELAND
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Fig. 11.87 Typical vertical lithofacies profiles of Icelandic sandar deposits classified according to the characteristics of 
fluid-sedim ent mix and relative availability of sediment (horizontal axis) and size distribution of the source sediments 
tical axis). On the sediment size curves, с = coarse-grained and f  = fine-grained materials. (From Maizels, 1993. Reprodr 
by permission of Elsevier)

~nd the gravelly sediments of the limno-glacial and
- n-jokulhlaup sandar plot towards the base. Fur- 
".emiore. the profiles display increasing organization 

towards the right of the diagram, with decreasing

sediment concentration. At lower sediment con. 
trations, particles are more able to move relath e 
one another, allowing the development of inverse 
normal grading and other sedimentary structure^



S e d im e n t - l a n d f o r m  A s s o c ia t io n s  505

Sediments deposited in association with jokulh- 
--Г spillways on the North American Great Plains 

t .  e been studied by Lord and Kehew (1987) (see 
S. -.:on 9.3.4.4). The outburst floods evacuated 
й ■: agh the spillways were highly erosive, so 
fcrosits are rarely preserved. However, sediment 
er tied during spillway incision was deposited in
* ier reaches of channels in the form of gravel bars. 
. -ce bars in normal proglacial outwash, the spill-

* - ■ bars are composed of homogeneous masses of 
r.--ive, matrix-supported and very poorly sorted 
pt rrly cobble gravels. Boulders up to 3 m in diame-
:■ may also occur in the bar sediments. Lord and 

I -  -.e\v estimated that the outburst flows were hyper- 
a  ccentrated, with sediment-water concentrations 

ig  as high as 40 per cent by weight. The conclu-
■ " :hat the flows were hyperconcentrated is similar 
i: :he findings of Maizels (1989a, b, 1993) in her 
*--ies of the deposits of the 1918 jokulhlaup from 
bitla. However, recent reconstmctions of the Katla 
fi *xl indicate that overall sediment concentrations 
» rre low, and that flow was fluidal rather than hyper- 
a -centrated (Tomasson, 1996). One possible reason 
ic ' this anomaly is that the Katla flood may have 

-prised an upper fluidal flow and a lower hyper-
o ncentrated traction carpet (cf. Todd, 1989), and 

the deposits represent only the lower flow com- 
:• ~.ent.

‘ 5.1.4 P ALAEO D IS C H AR G ES A N D  VELOCITIES

. eral researchers have attempted to reconstruct 
' - aeodischarges and velocities from sediment 
.-uences (e.g. Cheetham, 1976, 1980; Church, 

1978; Maizels, 1983; Dawson and Gardiner, 1987). 
' . . h  reconstructions are important, because it is of 
. . interest to understand how long-term hydrolog- 

changes in a catchment influence landscape 
.; elopment and sediment yields.

Palaeohydrological methods employ empirical 
_tionships between flow velocities and channel- 

fcrm variables derived for modern rivers. By mea- 
iiring variables that can be observed in ancient 

deposits, such as channel morphology and slope,
- -iment grain size and bed roughness, the methods 

.■ л work backwards to derive likely values of veloc- 
■es when the palaeochannel was bankfull. Dis- 
-". _rges are then calculated by multiplying velocity 
' channel cross-sectional area. There are several 
:< :ential sources of error in this approach, and they 
" . ude the following (Dawson and Gardiner, 1987):

Palaeochannel width and depth may be difficult to 
reconstruct from exposures, for several reasons. 
First, the upper part of the channel may have been 
:runcated by subsequent erosion. Second, the 
available exposure may not provide a true trans

verse section, distorting the cross-profile. Third, it 
may be difficult to identify contemporaneous sur
faces on opposite channel banks, owing to over
printing during channel migration and infilling.

2. Channel slope can be hard to measure or estimate.
3. Bed friction is a very important factor, but is diffi

cult to parameterize from sedimentary data.
4. Suspended sediment concentration exerts a strong 

influence on flow viscosity and velocity, but is 
unknown for ancient rivers.

5. For braided river systems, total discharge is dis
tributed through several channels, but it may be 
impossible to determine from sedimentological 
evidence just how many channels were occupied 
simultaneously. One way of avoiding this diffi
culty is to identify the main channel and assume 
that it carried a fixed proportion of the total dis
charge. Mosley (1983) found that in the braided 
Rakaia River, New Zealand, the main channel car
ried between 47 and 93 per cent of the flow, with 
an average of 71 per cent. The very large range of 
these figures underlines the uncertainty of the 
method.

According to Dawson and Gardiner (1987), the 
errors introduced by these factors can be consider
able: up to three orders of magnitude, with the major 
contribution being provided by uncertainties about 
channel form. Nevertheless, such methods do enable 
researchers to place bounds on the likely behaviour 
of former rivers during periods of sandur aggrada
tion.

11.5.2 Paraglacial associations
Paraglacial activity, or the rapid readjustment of 
glaciated landscapes to non-glacial conditions fol
lowing deglaciation (Section 7.6), results in distinc
tive sediment-landform associations on slopes and 
valley floors.

11.5.2.1 P A R A G L A C IA L  FANS A N D  TERRACES

Once glaciers have retreated from a drainage basin in 
part or whole, unstable sediments are made available 
to rivers, resulting in the rapid aggradation of thick 
valley fills and alluvial fans at the mouths of tributary 
valleys or gullies (Fig. 11.88; Jackson et al., 1982). 
Detailed descriptions of early Holocene fans and ter
raced valley fills in the mountainous terrain of British 
Columbia have been provided by Ryder (1971a, b), 
Church and Ryder (1972), Clague (1986), N. Eyles 
and Kocsis (1988) and others. The valley fills are 
deeply incised, and modem river channels may lie 
over 200 m below the fan surfaces, reflecting reduced 
sediment supplies at the end of the paraglacial 
period. The occurrence of Mazama Ash. dating to
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6.6 kyr b p , at shallow depths on fans throughout 
south-central British Columbia indicates that most 
fan deposition took place during the paraglacial 
period o f 10-6 kyr b p . Rivers now largely transport 
only the material that is being made available by cur
rent denudation processes and so are in equilibrium 
with their normal weathering environment.

Owen (1989) studied paraglacial terraces in the 
Karakoram Mountains o f Pakistan, and recognized 
six main types, (a) Morainic terraces include ice- 
contact sediment produced by subglacial, proglacial 
and slope processes, which have been subsquently 
terraced by paraglacial river activity, (b) Glacifluvial 
terraces comprise dissected ice-contact fans and out- 
wash plains or valley trains, (c) Fluvial terraces are 
produced by the dissection of more distal river sedi
ments many tens o f kilometres away from the near
est glacier snout, (d) Debris terraces are produced by 
the dissection of mass movement deposits which 
originate from rockfalls, debris flows, landslides and 
rock glacier movement. The stratigraphy o f such 
forms is dominated by crudely bedded matrix- and 
clast-supported diamictons dipping down towards 
the valley floor, (e) Lacustrine terraces are produced 
by the dissection of lake sediments following the 
drainage of ice-dammed or landslide-dammed lakes, 
(f) Fan terraces are the dissected remnants o f poly- 
genetic forms produced during the early stages o f 
deglaciation, when slopes are at their most unstable, 
by the processes o f debris flows. Clast lithological 
analysis reveals that they are composed predomi
nantly o f resedimented till.

Debris fans can also develop below hanging glaci
ers in steep mountain terrain, where debris avalanch
ing from the glacier front accumulates in fans on 
benches or valley floors. Such glacial avalanche-fed 
fans may be very difficult to distinguish from other 
types o f fan. although they may be expected to dis
play some internal deformation due to the melt-out o f 
buried ice blocks.

All the terrace forms identified by Owen (1989) 
are subject to considerable modification during the 
paraglacial period. Indeed, any valley that is 
approaching the more stabilized phase o f its 
paraglacial activity may be subject to renewed inci
sion if deglaciation in neighbouring catchments acts 
as a trigger.

11.5.2.2 PARAGLACIAL SLOPE DEPOSITS

Paraglacial slope deposits form wedge- or cone- 
shaped slope-foot accumulations, the detailed mor
phology and sedimentology o f which reflect the 
character o f the source sediment and the processes of 
reworking and deposition. Talus deposits may consist 
o f unmodified rockfall material (Section 10.5.2.1), or 
may be modified by other slope processes such as

(a)

(b)
Fig. 11.88 Paraglacial landform examples, (a) The incised 
valley fill of the Fraser Valley near Clinton, British Columbia, 
Canada. The Fraser River incised the valley fill during the 
early Holocene, after the end of the last glaciation. (Aerial 
photograph BC1087-46 by the Province of British Columbia) 
(b) Large valley-side debris fan, Lahul Himalaya, India. 
(Photo: D.l. Benn)

snow avalanching, debris flow or internal creep 
deformation. Unmodified rockfall talus is character
ized by a straight upper slope o f 30-40° and a basal 
concavity, whereas modified talus generally has a 
more pronounced concavity and is broken up into 
surface gullies and depositional lobes (Ballantyne 
and Harris, 1994). Internally, talus deposits may con
sist o f openwork gravels or diamictons, and com
monly exhibit crude slope-parallel bedding.

Thick sequences o f diamictons can result from 
successive debris flows, shallow landsliding, and 
slower mass movements such as gelifluction and 
soil creep (Ballantyne and Harris, 1994). In lowland 
Britain, such deposits are commonly referred to as
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head, a term introduced by De la Beche (1839). 
Head deposits can form in non-glaciated periglacial 
environments, but a paraglacial origin can be recog
nized from the presence o f reworked glacigenic 
material, such as erratics and striated clasts. Exam
ples o f paraglacially reworked till deposits have 
been described from the south Wales coalfield (Har
ris and Wright, 1980; Wright and Harris, 1980; 
Wright, 1983, 1991), the ‘blue head’ at Morfa 
Bychan, west Wales (Vincent, 1976; Harrison, 1991; 
Ballantyne and Harris, 1994), and the Cheviots o f 
northern England (Harrison, 1993). In each o f these 
examples, the period of most active till remobiliza
tion and slope deposition is thought to have been 
immediately following deglaciation, when freshly 
exposed glacigenic sediments were unvegetated and 
unstable. Glacigenic sediments reworked by debris 
flows are particularly common in glaciated moun
tain environments, where a potent combination of 
abundant debris and steep slopes contributes to high 
debris mobility. Examples from the Karakoram 
Mountains have been described by Owen (1991), 
and from Fabergstolsdalen, Norway, by Ballantyne 
and Benn (1994b). Such accumulations can be 
distinguished from non-glacial slope deposits by 
the presence o f erratics, and from in-situ tills by 
slope-parallel bedding and downslope-oriented clast 
fabrics.

Large-scale rock failure (sturztroms) in steep 
bedrock cliffs has also been documented in freshly 
deglaciated terrain and has been explained in some 
situations by the pressure release occasioned by the 
removal o f glacier ice from valley sides. Extensive 
boulder fields lying in valley bottoms and at the base 
of bedrock cliffs record former catastrophic slope 
failures (e.g. Porter and Orombelli, 1980; Dawson et 

1986; Owen et al., 1995). Such deposits may 
have well-defined lobate fronts and arcuate trans
verse ridges on their surfaces, reflecting flow condi
tions just prior to final deposition.

11.6 GLACILACUSTRINE AND 
GLACIMARINE ASSOCIATIONS
Glacilacustrine and glacimarine depositional 
processes and environments have become much bet
ter known in recent years, mainly by a combination 
f  well-designed process studies near modem ice 

margins and detailed sedimentological studies o f 
_ncient deposits (Sections 8.4 and 8.5). This section 
reviews the range o f sediment-landform associations 
deposited in standing water, including ice-marginal 
: arms, such as grounding-line fans, morainal banks 
nd subaqueous moraines, and proglacial forms such 

deltas.

11.6.1 Grounding-line fans

Grounding-line fans (also known . . a
fans) are masses o f sediment that build up w here 
glacial meltwater exits from tunnels direct!) 
deep water, and sediment load is deposited rapid!j 
a result o f the sudden drop in stream velocin Sec
tion 8.5.1; Rust and Romanelli, 1975; Chee!
Rust, 1982; C.H. Eyles et al., 1985). Grounding- !:r.e 
fans differ from deltas (Section 11.6.5) in that the 
coarse sediment enters at the base o f the water с I- 
umn instead of at the top, although grounding-1 ine 
fans can build up to the water surface to form delta> 
if a glacier remains quasi-stationary for a period of 
time and sedimentation rates are high enough (Pow 
ell, 1990). Because o f their association with sub
glacial tunnels, grounding-line fans are often found 
at points along esker systems, where they mark for
mer glacier margin positions; in such cases they may 
be referred to as esker beads (Section 11.2.9.3; Ban- 
nerjee and McDonald, 1975; Visser et al., 1987). 
Subaqueous fans formed in glacimarine and glaci
lacustrine environments may be very similar, and 
may be indistinguishable by internal characteristics 
alone. However, in glacimarine environments, the 
buoyancy o f inflowing waters tends to produce 
plumes which carry fine-grained sediments away 
from the fan, unless sediment concentrations are very 
high (Powell, 1990). The removal o f fine-grained 
sediments in plumes means that glacimarine fans 
tend to be predominantly coarse-grained with a gen
eral lack o f underflow deposits (turbidites). The posi
tioning and general shapes o f the subaqueous or 
grounding-line fans produced in association with 
various tunnel jet discharges and plumes are dis
cussed in Section 8.5.1.

Internally, grounding-line fans exhibit crude to 
well-developed foreset bedding dipping down from 
the fan apex parallel to the fan surface, generally at 
angles o f 10-30° (Fig. 11.89). Near the fan apex, 
beds commonly consist o f coarse-grained, poorly 
sorted, massive to normally graded gravels, 
deposited from high-density cohesionless debris 
flows and gravelly traction carpets (Sections 8.4.2, 
8.4.4.3 and 10.5.5.2). Units may have channelized, 
erosive bases, recording scour and fill on the fan sur
face. Because o f the dynamic nature o f grounding- 
line fans and the oversteepening o f fan surfaces by 
rapid sedimentation rates, sediment remobilization 
by gravity flows is common, producing stratified 
diamicton units occupying scoured channels 
(McCabe et al., 1984). Coarse sediments at the fan 
apex grade distally into better-sorted, finer-grained 
facies, resulting from episodic turbidity currents and 
cohesionless debris flows triggered by influxes o f 
sediment-laden meltwater or slope failures on the fan 
surface (Cheel and Rust, 1982; Postma et al.. 1983).
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Fig. 11.89 Foreset bedding comprising coarse, poorly 
sorted gravels and sands, Younger Dryas grounding-line 
fan, Achnasheen, Scotland. (Photo: J. Merritt)

Various types of cross-bedding and cross-lamination 
may be present, recording the downflow migration of 
dunes and ripples at the base of turbid underflows 
(Sections 10.4.3 and 10.4.4; Cheel and Rust, 1982; 
Shaw, 1975). Proximal-to-distal fining reflects the 
drop-off of flow velocities with distance from the 
tunnel mouth, whereas multiple vertical sequences of 
upward-fining units record waning discharges in 
individual flow events. Towards the fan margin, high 
suspension sedimentation rates produce climbing 
ripple drift and massive sands. Ball and pillow and 
dish structures are common, owing to dewatering as 
sediment is compacted by fan aggradation (Cheel 
and Rust, 1982). Ice-rafted debris up to boulder size 
may also occur in fan deposits.

The overall geometry of grounding-line fans is 
often complex, with cross-cutting foreset beds 
recording migration of the efflux point and avulsion 
of distributary channels on the fan surface. Distally, 
bottom currents transporting sediment to the fan mar
gin may behave like meandering rivers, causing the 
depositional environment to switch repeatedly 
between channels and overbank or channel overspill 
zones. The resulting facies associations typically 
consist of fine-grained laminated sediments incised 
by channelized lenses of coarser facies.

A schematic model of facies distribution on 
glacilacustrine grounding-line fans was developed by 
Cheel and Rust (1982), on the basis of Pleistocene 
examples from Canada (Fig. 11.90). At the fan apex 
are proximal gravels (1), with upflow imbrication 
recording deposition from jets. Clast-supported 
diamictons may also be deposited from hypercon
centrated flows in such locations (N. Eyles and 
McCabe, 1989a, b). Further downfan is a system of 
steep-sided, bifurcating channels filled with channel 
facies (2). Three types of channel facies were recog
nized by Cheel and Rust (1982). Type A channels are 
filed with horizontally stratified sand, with discon-

Fig. 11.90 A  depositional model for a single subaquer.: 
outwash fan fed directly by a subglacial meltwater tu n r ; :  
(1) proximal gravel facies; (2) channel facies; (3) interchs-- 
nel facies; (4) slump facies. The palaeocurrent distribut ; - 
from all facies of the fan is shown at the fan front. (Fro - 
Cheel and Rust, 1982. Reprinted by permission of Ge: 
books)

tinuous beds of imbricate gravel along channel ba-ei 
and between sand units. Type В channels are mllej 
with massive sands, and Type С channels are filled 
with subhorizontally laminated sands. The deer." 
Type A channels are the more proximal, and cor.:, t 
sediments documenting erosive currents c a m : - 
gravel bedload. This gravel was excavated from й E 
sediment surrounding the channels, which expla: ■ 
its discontinuous nature. Some inversely grau;-; 
sands occur in all channel types, recording dep: - 
tion by grain flows, derived either from the charm: I 
walls or directly from the tunnel mouth. Betweaj 
channels, two types of interchannel facies (3 1 j J  
found. Type A consists of proximal cross-strati"; : 
and massive to normally graded sands and fine er. - 
els, whereas Type В consists of distal climbing ripr r 
drift with occasional silt drapes. The massive to г 
mally graded sands in the proximal facies u e a  
deposited by sediment gravity flows during per •: к 
of high sediment discharge, whereas the silt drare* 
of the distal facies record periods of suspension ' г . • 
imentation when discharges were low.

Cheel and Rust (1982) also identified a sl_-ri 
facies, resulting from slope failures. This facies ест-! 
sists of deformed sediments occupying broad cr _:-J 
nels, and exhibits evidence of dewatering such as - _ I 
and pillow and dish structures. Deformation strut A 
tures occurring in abrupt lateral contact with ur 
turbed strata, whose beds are bent sharply upwarc a  
the contact owing to fluidization, were interpret, щ  
the product of melt-out of buried ice blocks. S ~a-j 
larly, McDonald and Shilts (1975) have rep
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systems within subaqueous fans relating to the 
r  _ :-out of buried ice blocks.

“suiting and folding in grounding-line fan 
.-" Nits may result from gravitational collapse, ice 
' "->ting, or the grounding of icebergs (Fig. 11.91).

4 Eyles and McCabe (1989b) reported syndeposi- 
. ~ el folding within subaqueous gravels deposited at 
. ...'’marine tunnel mouths in eastern Ireland. In 

situations, the increasing load of thickening 
. --el bodies causes sagging into underlying under- 
a  - 'olidated sediments, producing increasing dip 
." des from the top to the base of the gravel beds 

r'. 11.92). Similarly, inverted gravel flame struc- 
'  are produced by diapiric intrusion into underly- 

r materials possessing high porewater pressures. 
~"ust faults can be initiated in subaqueous fans
* ■ erever the glacier snout readvances after or during 
.. position (Powell, 1990). Deformation of sediments 

:hrusting, iceberg grounding and gravitational 
. orking may be so pervasive that primary struc- 
res can be difficult to distinguish, and in some 

. -ses proximal fan deposits have a completely 

. '  _med diamictic appearance with only isolated,
. * mned remnants of sorted facies (e.g. Benn, 
-^»6а).
Facies successions in grounding-line fans relating 

с :e retreat have been recognized by T.G. Stewart 
:-91) for a subpolar tidewater glacier setting in the 
. radian Arctic (Fig. 11.93). Five lithofacies associ- 

. ns were recognized, documenting a proximal-to- 

. <al sequence. LA I consists of interbedded 

. - nictons, sands and silts, interpreted as proximal 
. ■'aqueous debris flows and ice-rafted material with

suspension-derived cyclopels. LA II comprises nor
mally and inverse graded matrix to clast-supported 
sandy gravel with some planar cross-stratification, 
interpreted as the products of high-velocity turbulent, 
hyperconcentrated and debris flows on a channelized 
fan surface. LA III occurs mostly in channels, and 
consists of massive, normal and inverse-graded sands 
with water escape structures, sand intraclasts or rip- 
ups. This lithofacies is interpreted as high-density 
turbidity current and mass flow deposits in subaque
ous fan channels. Occasional Bouma sequences 
record intermittent low-density turbidity currents. LA 
IV comprises partial Bouma sequences, climbing rip
ple drift, starved ripples and draped lamination, and 
is interpreted as the product of turbidity current sed
imentation in overbank and interchannel areas. LA V 
consists of interlaminated cyclopsams and cyclopels 
representing suspension sedimentation from turbid 
plumes. Vertical transitions from LA I to LA V doc
ument progressively more distal deposition on the 
fan surface, reflecting glacier snout retreat.

The palaeoclimatic significance of grounding-line 
fans is that they represent standstill positions of 
retreating glaciers terminating in deep water. The 
large sediment accumulations indicate either high 
discharges in subglacial tunnel systems; and/or that 
meltwater carries abundant sediment derived from 
subglacial drainage basins. Because subaqueous fans 
are fed by subglacial tunnels, they may be expected 
to be absent where glacier margins are cold-based. 
However, D.J.A. Evans (1990a) and T.G. Stewart 
(1991) have reported subaqueous fans relating to 
retreating subpolar glaciers in the Canadian Arctic,

Large-scale gravitational 
foundering of channels

Deformed substrate

Sandy rain-out facies 
from efflux jet

Muddy rain-out facies 
from plume

Debris flow facies

Subaqueous outwash facies 

Approximate 500m 
__ i

11.91 Schematic reconstruction of the depositional and deformational processes associated w ith a retreating tidewa- 
giacier building grounding-line fan complexes. (From Eyles and McCabe 1989a. Reprinted by permission o f Pergamon)

Resuspension 
of mud
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where debris-rich basal ice was excavated by sub
glacial meltwater debouching into deep water. These 
isolated fans were interpreted as the product of a 
transient switch to temperate snout conditions as a 
response to early Holocene climatic warming (cf. 
D.J.A. Evans and England, 1993).

In glacimarine and glacilacustrine basins with pro
nounced relief, facies sequences similar to those in 
grounding-line fans can also form in distal locations 
far removed from the ice front, where subaqueous 
valleys and swales funnel sediment gravity flows and 
turbidity currents. Channelized underflows are able 
to erode the substratum, forming cut-and-fill 
sequences and depositional fans (Miall, 1985b; 
Walker, 1992b). Such sequences have been described 
from Early Proterozoic glacimarine deposits in 
Ontario (Miall, 1985b), and distal parts of the 
Yakataga Formation in Alaska (C.H. Eyles and 
Lagoe, 1990; Section 12.5.3).

11.6.2 Subaqueous moraines
Subaqueous moraines are transverse moraines 
deposited at or close to the grounding lines of water-

Fig. 11.92 Characteristic sedimentary structures producec 
by rapid sedimentation in ice-proximai subaqueous fans, (a 
Gravel layers oversteepened by syndepositional foundering 
at the base of a section in proximal glacimarine sediments 
infilling a subglacial tunnel valley at Killiney, eastern Ire
land. (b), (c) Gravel-filled dykes at the base of crudel. 
graded gravels in proximal glacimarine sediments infilling s 
subglacial tunnel valley near Bray, eastern Ireland. The 
dykes were loaded and injected into underlying saturatec 
diamictons in response to the rapid emplacement of дгач- 
els. (From Eyles and McCabe, 1989b. Reprinted by permis
sion of Blackwell Scientific)

terminating glaciers. Many alternative terms havt 
been employed, including morainal banks (Booth. 
1986; Powell, 1990), sublacustrine moraine 
(Drewes et al., 1961; Holdsworth, 1973b; Bame: 
and Holdsworth, 1974), cross-valley moraine 
(Andrews, 1963; Andrews and Smithson, 1966) anc 
De Geer moraines (Hoppe, 1959; Sugden and John. 
1976; Larsen et al., 1991). These terms have beer 
used in overlapping senses, and there is no univer
sally agreed set of definitions. In this book, the term 
‘morainal bank’ and ‘composite grounding-line fans 
are used for large subaqueous moraine ridges forme. 
mainly by deposition at glacier grounding lines, an. 
the term ‘De Geer moraine’ for smaller, narrow 
sharp-crested ridges which commonly occur in field- 
of closely spaced subparallel moraines. The nor- 
genetic term washboard moraine has sometime 
been employed by some researchers for close/1 
spaced suites of sublacustrine moraines (e.g. Maw d-



S e d im e n t - l a n d f o r m  A s s o c ia t io n s  511

S U B A Q U AT IC  O UTW ASH  FAN

LA II CHANNEL GRAVELS

C H A N N F I OVEFIRPH I

LAIN AMALGAMATED & GRADED SAND

LA IV CHANNEL MOUTH

TURBID PLUME DEPOSITION

subaqueous push moraines formed in shallow marine 
environments. An annual origin may be impossible to 
prove, however, and it is preferable to use the term 
‘De Geer moraine’ for continuous and closely spaced 
subaqueous moraine ridges which may or may not be 
annual.

In planform, individual subaqueous moraines may 
be linear or have sinuous crestlines (Fig. 11.94). In 
some cases they are slightly concave upglacier, appar
ently reflecting the form of calving bays in the ice 
front (e.g. Sissons, 1982; Benn, 1989a, 1996a). The 
morphology and sedimentology of subaqueous mor
aines are highly variable, and a large number of dep
ositional models have been proposed. The more 
important models are discussed in the following sec
tions.

11.6.2.1 M O R A IN A L  BANKS A N D  CO ALESC EN T 
S U B A Q U E O U S  FANS

Wherever glacier grounding lines remain quasi-stable 
for long periods of time and/or sediment fluxes to the 
glacier margin are high, subaqueous moraines will 
form by the accumulation of sediment along the glac
ier margin. Debris may be delivered from the ice sur
face, the melt-out of debris-rich ice and icebergs, the 
release of unfrozen till from a subglacial deforming 
layer, or reworking of older deposits (Sections 8.4.1 
and 8.5.2). This debris can be reworked in conveyor- 
belt fashion by erosion off the subglacial face and 
deposition on the marine slope (Powell, 1984). Sub
aqueous moraines that extend up into shallow water 
can also be exposed to wave energy, leading to win
nowed and sorted gravels and sands in their upper 
parts (Powell, 1984).

Some subaqueous moraines consist mainly of coa- 
lescent grounding-line fans, deposited at the same

11.93 The depositional processes and lithofacies asso- 
s:ed with the production of subaqueous fans at the mar- 

: "s of subpolar glaciers: (A) m orphology of the subaquatic 
: -T.vash w ith cross-sections through proximal, intermedi- 
r e  3nd distal sediments; (B) reconstruction of turbid plume 
:^oosition fed by subglacial meltwater discharges. (From 

r.-.art, 1991. Reprinted by permission of the Geological 
" : :  ety o f America)

ey 1936; Lawrence and Elson, 1953; Elson, 1957;
■ e^on, 1970). The occurrence of large numbers of 

'ely spaced subaqueous moraines in some areas
■ mpted De Geer (1897) to interpret them as annual 

•.lines, a usage which has been adopted more
. .ently by Liest0l (1976) and Boulton (1986) for

Fig. 11.94 Sinuous, low-amplitude morainal bank 
deposited at the grounding line of a subpolar glacier at 
Cape Armstrong, Ellesmere Island, Arctic Canada. This 
moraine marks the maximum of the last glaciation, and its 
small volume attests to the small debris turnover o f sub
polar glaciers advancing over bedrock. (Photo: D.J.A. Evans)
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time at the efflux points of adjacent meltwater con
duits. The Salpausselka moraines of Finland are 
spectacular examples, consisting of transverse chains 
of ice-contact fans and deltas deposited during stand
still of the southern margins of the Scandinavian ice 
sheet where it contacted deep water (Sauramo, 1929; 
Okko, 1962; Virkkala, 1963; Gluckert, 1977, 1986; 
Fyfe, 1990; Section 12.5.2). Coalescent grounding- 
line fans also demarcate former glacier margins in 
the fjords of Norway, where they have been referred 
to as Tronder moraines by Sollid and Reite (1983). 
Large-scale moraines formed of partially glacitec- 
tonized grounding-line fans occur in eastern Maine, 
USA (Ashley et al, 1991). The fans are arranged lat
erally along former grounding-line positions and are 
associated with tunnel mouth and esker deposits. The 
whole depositional complex covers an area of 
250 km" over a 40 km wide zone and contains a vol
ume of approximately 5 billion m of sediment. The 
complex marks a series of standstill positions of an 
actively retreating interlobate ice margin, deposited 
over the 1000-year period from 13.5 kyr to 12.5 kyr
BP.

Some subaqueous moraines are formed mainly by 
dumping and other gravitational processes at the foot 
of terminal ice cliffs. This is especially the case 
where subpolar glaciers with thick basal debris 
sequences contact the sea, releasing large amounts of 
debris in environments where there is only limited 
subglacial meltwater (Powell, 1984). At many glacier 
margins, however, gravitational deposits are 
interbedded with subaqueous outwash, particularly at 
the margins of temperate glaciers where meltwater is 
abundant. Pleistocene examples of interbedded grav
itational and outwash deposits have been reported 
from the east-central coast of Ireland by McCabe et 
al. (1984, 1987), McCabe (1985, 1986) and N. Eyles 
and McCabe (1989b). The sediments include chan
nelized subaqueous outwash and debris flow facies 
interdigitating with ice-rafted dropstone muds, and 
with some evidence for glacitectonic deformation. 
They underlie arcuate belts of hummocky topogra
phy up to several kilometres in width, and are inter
preted as glacimarine sediment deposited during a 
temporary halt in glacier retreat from the Irish Sea 
basin.

Exposures in a subaqueous moraine deposited near 
the margin of a Lateglacial ice-dammed lake at 
Achnasheen, Scotland, were described by Benn 
1 1996a). The ice-proximal portion of the moraine 
consists of deformation tills and glacitectonites 
derived from pre-existing glacilacustrine deposits, 

hereas the ice-distal portion is underlain by sub
aqueous outwash interbedded with cohesive to cohe-
- nless debris flow deposits (Fig. 11.95). The debris 

s grade laterally into the deformation till, indi- 
g :hat sediment was delivered from the glacier to

the lake from the subglacial deforming layer, as well 
as from meltwater systems.

The size of moraines built up by outwash and grav
itational processes is ultimately limited by debris 
supply from the glacier. The limit of the last glacia
tion in part of northern Ellesmere Island, Canada, is 
marked by subaqueous moraines less than 1 m high 
(D.J.A. Evans, 1990a, b). These occur where former 
glaciers advanced from plateaux on to lowlands cov
ered by very patchy sediment veneers. Supraglacial 
and subglacial debris loads were thus so insignificant 
that only low-amplitude diamicton ridges were 
deposited over bedrock at the grounding line (Fig. 
11.94). In contrast, large, extensive subaqueous 
moraines can be produced over short periods of time 
where debris is abundant, provided that glacier sta
bility is encouraged by glaciodynamic or topo
graphic factors.

The role of bathymetry in the production of sub
aqueous moraines has been assessed by Crossen 
(1991) and G.W. Smith (1982) for the Gulf o: 
Maine. Small, closely spaced moraines (De Geer 
moraines) were deposited in deeper water where 
rapid ice retreat allowed time for the deposition onl> 
of small ridges at the ice margin. Where calving 
rates were reduced in shallower water, more sub
stantial subaqueous fans developed. If such fans 
aggrade to sea-level, ice-contact Gilbert-type delta' 
form (Section 11.6.5; Powell, 1990). When ice 
retreats into very shallow water or on to land, melt
ing replaces calving and the meltwater produced 
feeds sediment to the terrestrial portions of Gilbert- 
type outwash deltas.

11.6.2.2 DE GEER M O R AIN ES

De Geer moraines are named after the pioneering 
Swedish geologist G. De Geer (Hoppe, 1959). The\ 
commonly occur in fields of closely spaced ridges ir. 
association with subaqueous sediments, and mark the 
intermittent retreat of water-terminating glacier- 
(Fig. 11.96). Many models have been proposed tc 
account for their formation.

Some researchers conclude that De Geer moraines 
mark former ice-margin positions, where sediment i- 
deposited or pushed up during brief standstill or 
minor readvances. Boulton (1986) has reportec 
sequences of closely spaced subaqueous moraines or. 
the sea bed in front of Alpha Glacier, Cambridgc 
Fiord, east Baffin Island, which appear to documen: 
annual winter pushing (Fig. 11.97). These moraines 
are characterized by steeper distal than proxima 
slopes, lobate forms with acute interlobe angle- 
pointing upglacier, and truncated sections due to par
tial overriding by later moraines. All of these charac
teristics are typical of terrestrial push moraines, u- 
described in Section 11.3.2.1. The formation of sur-
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: : 11.95 Lateglacial morainal bank deposited in an ice-dammed lake, Achnasheen, Scotland, (a) Exposure through the 
-  :'=inal bank; (b) reconstruction of the depositional environment. Numbers in (a) refer to  fabric samples and in (b) are: 

i^Dglacial till; 2, mass flows; 3, mass flow  diamictons; 4, subglacial meltwater portal; 5, subaqueous outwash; 6, lami- 
s:ed lake sediments; 7, iceberg dump mound. (From Benn, 1996. Reproduced by permission of Scandinavian University

Ftes)

*-jeous moraines with steep ice-distal slopes and 
r : " tie ice-proximal slopes has also been linked to the
-  ing of floating glacier snouts, perhaps on a yearly 
'--is (Aartolahti, 1972; Holdsworth, 1973b). 
--cording to this model, the gentle ice-proximal 
d  oes are produced by glacier overriding prior to the

- • ing of a section of the snout (Fig. 11.98a). On the 
'■—'is of observations at Generator Lake, Baffin 

_nd. Holdsworth (1973a, b) linked the calving 
: .nts to annual lake-level changes, although major
- - ■ ing events may also be triggered by annual ice- 
--rginal thinning by summer ablation. Moraine for-
-  _:ion by squeezing of saturated sediment out from 
'  - eath the ice margin was proposed by Andrews 
. j  Smithson (1966) (Fig. 11.98b).

Some researchers have argued that De Geer 
moraines are formed in basal crevasses a short dis
tance behind glacier margins in similar ways to ter
restrial crevasse fills (e.g. Elson, 1957; Hoppe, 
1957; Stromberg, 1965; Zilliacus, 1989). This inter
pretation is influenced by the patterns made by 
some fields of subaqueous moraines, which are sim
ilar to those of crevasses in glacier lobes (Lundqvist,
1989). According to this model, transverse crevasses 
are formed in areas of extending flow and then 
widened during partial flotation of the ice margin 
(Zilliacus, 1976, 1981, 1987a, b, 1989: Lundqvist, 
1989c). Moraines are thought to form when the water 
level drops and the glacier is lowered on to the sub
stratum, which is squeezed up into the basal
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Fig. 11.96 De Geer moraines on the lowlands surrounding 
Hudson Bay, Canada. (Aerial photograph provided by 
Energy, Mines and Resources, Canada)

crevasses (Fig. 11.99). Tabular icebergs would later 
break off along the transverse crevasses, thus ensur
ing that the moraines were not later overridden by 
the glacier. This interpretation of subaqueous 
moraines has been used by Lundqvist (1989) to 
support reconstructions of massive-scale downdraw 
and crevassing of portions of the Scandinavian ice 
sheet in response to rising sea-levels. Zilliacus 
(1989) has suggested that such moraines document 
surging behaviour along glacier margins (cf. Sol- 
heim, 1986), providing a direct comparison with the 
terrestrial crevasse-fill ridges reported by Sharp 
(1985a).

Features referred to as ‘lift-off moraines’ have 
been identified in seismostratigraphic investigations 
of the Scotian and mid-Norwegian shelves by King 
and Fader (1986) and King et al. (1991). The pro
duction of lift-off moraines is thought to be related 
to fracture patterns in the base of a retreating glac
ier snout, involving a genesis similar to that pro
posed by Lundqvist (1989). It is uncertain whether 
or not lift-off moraines are produced individually 
by single events or simultaneously as groups (King 
et al.. 19911. According to Beaudry and Prichonnet 
(19911. subaqueous moraines in the Chapais area, 
Quebec, were formed as glacifluvial infills in basal 
crevasses. From the published sedimentological 
data, however, a subglacial origin is not proven, 
and it is equally likely that the moraines formed 
along the grounding line as coalescent subaqueous 
fans.

11.6.3 Grounding-line wedges: 'till 
deltas' and 'till tongues'

The term grounding-line wedge was introduced by 
Powell and Domack (1995) to refer to dipping 
diamicton beds overlain by horizontal sheets of 
diamicton, mainly subglacial till. The term was 
intended to replace the earlier term till delta (Alley et 
al., 1989), to avoid defining all of the sediment as till, 
and to avoid any association with sea-level that could 
be implied from the word ‘delta’.

Grounding-line wedges are thought to form near 
the grounding lines of glaciers underlain by deform
ing till. Till emerging from beneath the glacier is 
redistributed by subaqueous debris flows, producing 
diamicton beds that dip away from the margin (Fig. 
11.100). Successive debris flows were inferred to 
build out a prograding wedge of sediment beyond the 
grounding line. Subsequent grounding-line advance 
over these deposits causes them to be discon- 
formably overlain by deformation till. Using seismic 
data, Alley et al. (1987c, 1989) have identified possi
ble modern examples of grounding-line wedges near 
the junction between Ice Stream В and the Ross ice 
shelf, Antarctica. In this case, the grounding-line 
wedge is thought to be a sediment sink for deforming 
till emerging from beneath the fast-flowing ice 
stream at the point where the ice begins to float. Th. 
evidence for till deformation below Ice Stream В is 
reviewed in Section 4.4.1. Other possible grounding- 
line wedges have been identified by Boulton (1990 
on the basis of geophysical studies of the sea floor 
around Svalbard. Major wedges of sediment consist
ing of outward-dipping diamicton beds overlain b; 
subglacial till occur near the mouths of major 
troughs, where subglacial sediment discharge was 
highest. Boulton (1990) referred to such accumula
tions as trough-mouth fans, and suggested that the; 
may be characteristic depositional systems at the 
tidewater or floating termini of fast-flowing ice 
streams and outlet glaciers.

Exposures of a possible Pleistocene grounding- 
line wedge on the shores of Lake Erie, Canada, havt 
been described by Dreimanis (1987). The sediment- 
were deposited near the grounding line of the Lak. 
Erie lobe of the Laurentide ice sheet, which termi
nated in a deep proglacial lake, and were interpreter 
as subaqueous debris-flow tongues fed by ‘dilatec 
lodgement till’ emerging from beneath the glacier 
Additional sedimentological evidence for subaque
ous flows fed by emergent deformation till has beer 
provided by Benn (1996a) (Fig. 11.95; Sectior 
11.6.2.1).

Powell and Domack (1995) argued that the Til. 
tongues reported from the Scotian and Norwegiar 
continental shelves by King and Fader (1986) anc 
King et al. (1987, 1991) also represent ancierr
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Fig. 11.97 Annual De Geer 
moraines (subaqueous push 
moraines) on the sea bed in 
front o f Alpha Glacier, Cam
bridge Fiord, Baffin Island. 
(From Boulton, 1986. Reprinted 
by permission of Blackwell 
Scientific)

r  _nding-line wedges (Fig. 11.101). These 'till 
i : 'g je s ’ were identified from high-resolution seis-
■ . records, and consist of tongues of massive 
i  - "icton interdigitating with stratified glacimarine 
i t  :■ 'its, including rhythmites and dropstone diamic- 
■ o  Similar depositional systems have been

■ "ted from the Hebrides Slope by Stoker (1990),
* ‘ere dipping beds of probable debris flows occur at
■ - 'helf edge, just beyond the outer limit of sub-

- .. A tills deposited by the Scottish ice sheet.
King et al. (1991) interpreted ‘till tongues’ by a 

d  r - :ly different model from that proposed for 
_■ „nding-line wedges by Alley et al. (1989) and 
: ell and Domack (1995). According to this model,
I  tongues’ are formed by three major processes
■ _ . ting in the zone where a glacier snout begins to

float, (a) Subglacial deposition behind the grounding 
line was assumed to be by lodgement and melt-out, 
rather than subglacial deformation (Sections 10.3.2 
and 10.3.5). (b) Downglacier from the grounding 
line, debris melting out from the base of the ice shelf 
is deposited after falling through no more than a few 
metres of water-forming undermelt diamictons (Sec
tion 10.6.3; Gravenor et al., 1984). (c) Sediment is 
redeposited beyond the grounding line by sediment 
gravity flows. The flows were assumed to be fed by 
melt-out of debris-rich ice and failure of pre-existing 
deposits. The lateral continuity of individual till 
tongues over distances of > 300 km suggests that they 
could not be entirely the product of mass flows (King 
et al., 1991), but mass flows could extend the down- 
slope boundaries of predominantly subglacially
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Fig. 11.98 Models for the formation of De Geer moraines 
at glacier grounding lines: (A) moraine formation by accu
mulation of sediment and glacitectonics at the grounding 
line, followed by calving (from Sugden and John 1976, after 
Holdsworth, 1973); (B) ice-marginal squeezing (modified 
from Andrews and Smithson, 1966)

deposited till tongues. These downslope-feathered 
boundaries of ancient till tongues (till tongue tips) 
are located in present-day water depths of >700 m 
and so were deposited in minimum depths of 
>575-600 m. if 100-125 m is subtracted for full 
glacial conditions.

The structure of grounding-line wedges will reflect 
r_:iems of grounding-line advance and retreat. Glac-
- * ad', ance will result in progressive on-lap of sub

glacial facies over the top of old mass flow deposits

(Figs 11.100 and 11.101), whereas retreat will result 
in the deposition of undermelt diamictons and mass 
flows on top of till sheets. Oscillation of the ground
ing line will therefore be recorded by interdigitatior. 
of subglacial and subaqueous deposits. Furthermore, 
distinctive stratigraphies should result from episodes 
of sea-level rise and fall (Boulton, 1990; Sectior.
12.5.1).

Grounding-line wedges are thought to be charac
teristic of settings where large amounts of debris are 
available, but meltwater discharge is negligible. I: 
consequence, grounding-line wedges may be formec 
mainly by polar and subpolar glaciers llowing or. 
deforming beds, or with thick basal ice sequence- 
(Alley et al., 1989; King et al., 1991; Powell anc 
Domack, 1995). The glaciers may or may not have 
floating termini. Where meltwater is abundant, such 
as at the tidewater margins of temperate glacier- 
deposition is more likely to produce morainal bank- 
or grounding-line fans (Sections 11.6.1 and 11.6.2 
Powell and Domack, 1995).

11.6.4 Ice shelf moraines
Ice shelf moraines are formed where debris :- 
deposited or relocated around the margins of ice 
shelves or floating glacier tongues. The crestlines : 
such moraines tend to be horizontal or have ver 
low gradients, reflecting the low gradient of ice 
shelves, which have zero basal shear stresses (Sec
tion 8.2.3). The gradients of ancient ice she!: 
moraines, however, may be steeper, as a result : 
postglacial isostatic tilting, so their gradients shot 
be corrected with reference to the sea-level recorc 
(Section 1.5).

Only a small amount of detailed work has bee- 
undertaken on modern and ancient ice shelf 
moraines. A modern example formed at the marg • 
of the George VI Sound ice shelf, Antarctica, h_ 
been described by Sugden and Clapperton (198 '. l 
The ice shelf is glacier-fed and flows from : г; 
Antarctic Peninsula across George VI Sound 
Alexander Island, decreasing in thickness frc - 
400-500 m to 100-300 m. Near the coast of Alexc- 
der Island, complex pressure ridges form on the ice 
shelf as it grounds on the island or meets local out. el 
glaciers (Fig. 11.102). A horizontal moraine ridg: 
has been formed over a distance of 120 km along tr e 
promontories of Alexander Island, where basd 
debris is brought to the glacier surface by ablati i 
and thrusting. Sediments within the moraine inclu_.
(a) subglacial debris entrained on Alexander Islar. 
and the Antarctic Peninsula; (b) glacifluvial 
lacustrine sediments from ice-marginal streams ar . 
ponds; and (c) marine sediments and fauna derr. e; 
from freezing-on at the grounding line on Alexanc. * 
Island.
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- c  11.99 Models for the formation of De Geer moraines 
:_ogladal crevasses: (a) the production of numerous 

_ :'3  nes by simultaneous squeezing into numerous 
as  asses (from Zilliacus, 1989; reprinted by permission of 
: i  . er); (b) the production o f individual moraines by sub- 
r i.e o u s  deposition and glacitectonic disturbance in a sin- 
:  r oasal crevasse, (from Beaudry and Prichonnet, 1991, 
: : • ded by L.M. Beaudry). Note that the existence of basal 

т. asses is hypothetical, and conflicts w ith glaciological 
тчеогу.

Ap p rox im ate
scale
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Fig. 11.100 Depositional model for the formation of grounding-line wedges at the margin of a polar ice stream. (A) Till 
emerging from a subglacial deforming layer feeds prograding subaqueous debris flows. (B) Deformation till accumulates 
behind the grounding line, overlapping older debris flow deposits. The inner limit of subsole deformation is known as the 
coupling line. (C) Till erosion above the coupling line and migration of the grounding line produce the overall geometry of 
the grounding-line wedge. (From Powell and Domack, 1995. Reproduced by permission of Butterworth-Heinemann)

England et al. (1978) have described ancient ice 
shelf moraines from north-east Ellesmere Island, 
Arctic Canada (Fig. 11.103). The horizontal moraines 
mark the former margins o f floating glacier tongues, 
and contain marine shell fragments thought to have 
been entrained at the grounding line or transferred to 
the surface o f the ice shelf by bottom freezing o f sea
water. Another ancient example, produced at the north
western margin o f the Laurentide ice sheet in Viscount 
Melville Sound, was described by Hodgson and Vin
cent (1984). The moraines consist o f extensive linear 
belts o f till (Winter Harbour T ill). between the alti
tudes o f 60 and 150 m above present sea-level, along 
the shores o f Byam Martin. Melville. Banks and Vic
toria islands and extending eastwards to north Baffin 
Island (Dyke eta i, 1992; Klassen. 1993; Fig. 11.103).

The accumulation o f slope deposits along the 
grounded margins o f ice shelves can also result in the 
formation of ice shelf moraines. For example, con
siderable amounts o f debris derived from steep fjord 
walls occur along the margins o f the northern 
Ellesmere Island ice shelves. Such debris on Arctic 
ice islands has been used to determine the ice shelf 
source o f the islands (Jeffries, 1992).

11.6.5 Deltas
Deltas are masses o f sediment built out into stand
ing water by subaerial streams, by a combination o f 
fluvial processes above the water-line and some 
combination o f gravitational mass movement and 
suspension settling below water-level. They are
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Retreat ---------------------------------

Hummocky Tabular

Truncated root

Sea level Mainland

Grounding-zone moraines: 
Glaciomarine sediment 
Retreat till

___] Advance till
<̂>1 Earlier till or bedrock

---------------------  Advance -------------------------------------------------------------
advance and retreat varieties with linear, hummocky and tabular attributes

---------------- Depositional surface grading into intraformational erosional surface
У  Till tongue tip
* Root

1.101 Till tongue stratigraphies and associated moraines: idealized reconstruction of a typical till tongue stratigraphy 
.:ed during a complete glacial cycle, based on examples from the mid-Norwegian shelf. (From King et al., 1991. 
"ted by permission of the Geological Society of America)

ANTARCTIC PENINSULA

102 A  conceptual model of the formation of the George VI Sound ice shelf and ice shelf moraine, Antarctica. (From 
and Clapperton, 1981. Reproduced by permission of the International Glaciological Society)

Upward ice flow due to 
-^ablation and thrusting

■ features on sea coasts and lake shorelines in 
~iatic zones, although here we concentrate on 
ieltas produced in glacierized basins. Deltas

: rm in association with glaciers in two main 
£>: (a) glacier-fed deltas receive sediment 
.r acial meltwater streams following transport
■ in  intervening land surface; and (b) ice-con- 
: -. .:as are built out directly from glacier mar

gins, after evolving from grounding-line fans or 
other subaqueous depositional systems. The sedi- 
mentology of deltas in these two settings is 
reviewed in the following sections. Further informa
tion on deltas can be found in texts by Wrisht 
(1978), Coleman (1982), Miall (1984). Elliott 
(1986b), Nemec and Steel (1988), and Collela and 
Prior (1990).
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Fig. 11.103 Examples :* ta 
shelf moraines, (a) Ice . 'H i 
moraine on n o r '  - ■  
Ellesmere Island (frorr 
land et at., 1978). :  
count Melville Sour: < 
shelf moraine (Winte- -m  
bourtill, dashed line) г - : 
limits of the Bolduc ti * о» 
ted line), perhaps f r o -  щ  
earlier ice shelf, at У 
Harbour, Melville <r* 
(from Hodgson and . * ачс, 
1984). (Aerial p h o t ::  Щ 
provided by the Depa—  — 
of Energy, Mines fie  
Resources, Canada)

sloping fronts, and intermediate- to deep-wate- 
Gilbert-type deltas and subaqueous debris con- 1 
with steep fronts. Deltas intermediate in character 
between Hjulstrom-type and Gilbert-type deltas ha-, l 
been termed Salisbury-type deltas (Salisbury, 189*r. 
Church and Gilbert, 1975). The delta types depict;, 
in Fig. 11.104 represent steady-state forms whicr 
reflect specific environmental conditions. In glacie-- 
ized landscapes, however, depositional environment* 
do not remain stable for long periods of time, and ■ 
deltas may evolve from one type to another n 
response to changing sea-levels, proximity of glac:. ■ 
ice, sediment availability and river discharges.

Hjulstrom-type deltas are deposited in shall 
waters at the distal end of sandur plains, and wer: 
first identified in Iceland by F. Hjulstrom (1951 
They are characterized by three physiographic zone, 
consisting of (a) a subaerial delta plain; (b) a ger.' 
sloping delta front dominated by coarse-load dep 
tion and commonly influenced by waves; and (с j 
very gently sloping prodelta dominated 
hemipelagic sedimentation.

Gilbert-type deltas are named after the pioneer r a 
American geologist G.K. Gilbert, and are the m :

11.6.5.1 GLACIER -FED  DELTAS

The morphology and sedimentology of deltas are 
strongly influenced by the gradient of the feeder river 
and water depth, leading to a range of delta types 
(Fig. 11.104; Postma, 1990). The most common in 
glacierized catchments are Types 2-6, consisting of 
shallow-water Hjulstrom-type deltas with gently
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: *1.104 Classification scheme fo r deltas, showing delta m orphology as a function of water depth and the gradient of 
т 'eeder river system. Feeder system types are: A : very steep; B: steep; C: moderate; and D; low-gradient. (From Postma, 

- Reprinted by permission of Blackwell Scientific)

~ :non in glaciated basins. They have three main 
xments: (a) topsets, consisting of fluvial sedi- 

-c-.:s deposited on the subaerial delta surface; (b) 
v _-sts, deposited by gravitational processes on the
* - u  foreslope; and (c) bottomsets, deposited by 
ir __rflows on gentle slopes at the foot of the delta 
r  : Section 8.5.4). Topsets are essentially sandur 

A "  <its, and incorporate the range of facies 
.ribed in Sections 10.4 and 11.5.1.2. Delta fore- 

rrs may be composed of a variety of gravel and sand
- es. depending on sediment supply and deposi- 

i< : il mechanism (Fig. 11.105). In general, sorting is 
' - _r than in grounding-line fan foresets, owing to 
ti .  . rfects of subaerial fluvial transport on grain size 
-ri ' bution. Remobilization of debris on the delta 
fc re slope can, however, result in remixing of sedi- 
t t  . producing poorly sorted beds. Common facies 

. ude massive to inversely graded openwork grav- 
r  sandy gravels, gravelly sands, and sands 
Jfco -ited by cohesionless debris flows; fall-sorted 
--..els deposited by debris falls; and normally 
. ■- :ed gravels and sands deposited by high-density 
.""..lent underflows (Postma and Cruickshank,

■ ■ : Prior and Bornhold, 1988, 1989, 1990; Nemec,
: Martini, 1990). Because of the high-energy 

n  ■ ::tions on upper delta foreslopes, fine-grained

sands and silts are rare and clays are absent. Delta 
foresets commonly form repeated fining-upward 
units documenting fluctuations in sediment delivery 
on a variety of timescales. Such fluctuations may 
result from diurnal or weather-related changes in flu
vial discharge, or switches in sediment influx posi
tions on the delta surface (Gustavson et al.. 1975; 
Cohen, 1979; Clemmensen and Houmark-Nielsen, 
1981; Thomas, 1984a; Bornhold and Prior, 1990; 
Mastalerz, 1990). Cross-bedding, recording the 
downflow migration of dunes, is rare, although 
examples of backsets have been reported (Clem
mensen and Houmark-Nielsen, 1981; Postma et al., 
1983; Postma, 1984b; Postma and Roep, 1985; Col- 
lela et al., 1987; Postma and Cruickshank, 1988; 
Martini, 1990). These are sets of upflow-dipping 
cross-strata which dip in the opposite direction as 
compared with the foreset beds with which they are 
embedded (Fig. 11.106). Nemec (1990) suggested 
that backsets could be the product of hydraulic jumps 
where turbulent flows encounter obstructions on the 
delta slope. This is a process similar to the produc
tion of antidunes (Sections 3.8.3 and 10.4.5).

Erosive events on upper delta foreslopes result in 
downslope-oriented chutes and channels up to 200 ni 
wide and 20 m deep. These are cut by turbidity cur



Postma and Cruickshank, 1988; Nemec, 1990). It 
section, former chutes and channels are recognizabi: 
as cut-and-fill sequences within the foreset beddin; 
or by units with welded contacts at their base 
recording partial incorporation of the underlying seo- 
iment.

The foresets of Gilbert-type deltas become easie: 
angled and finer-grained downslope. On lower dei:. 
foreslopes, typical facies are sands and si.:- 
deposited by turbid underflows triggered by the с 
lapse of upper delta foresets or fresh sediment inf. _ 
events (Jopling and Walker, 1968; Gustavson et i 
1975; Shaw, 1975; Cohen, 1979; Clemmensen arc 
Houmark-Nielsen, 1981; Thomas, 1984a, b). Mu 
pie fining-upward sequences, a few centimetres tc _ 
few tens of centimetres thick, are common, typica 
consisting of massive or planar laminated sar_ 
grading upward into ripple cross-laminated sar_ 
and silt drapes, recording progessively waning fl 
during individual underflows (Ashley et al., 19S1 
Partial or repeated sequences can result from flue . 
ations and surges within flows. In three dimensi 
such sequences form overlapping lobes of sedime - 
emanating from the shifting influx points of distn~. 
tary delta surface channels (N.D. Smith and Ash'. 
1985). The bottomsets of Gilbert-type deltas cor.' Ц 
of distal turbidites and fine-grained silts and cL - |  
deposited from high-level suspension (Sect: : 
10.5.6 and 10.6.1).

The fronts of deep-water Gilbert-type deltas ir 
be subject to frequent slope failures and gravitati 
reworking. In such gravitationally modified Gilr rt 
type deltas (Type 6, Fig. 11.104), coarse, pc 
sorted material is transferred to the delta foo: 
slumps and cohesionless debris flows (Ma>-_.- 
1984; Postma, 1984a, 1990; Postma and Roep. 1 ‘x  
Postma et al., 1988a). Typical structures inc . .. 
compressional slump folds; low-angle, rising - . 
conjugate shear faults; sediment-filled ter- i 
cracks; shear zones beneath sediment slides; and 
torted beds disturbed by water escaping from ur 
lying strata (Jones and Preston, 1987; Nemec e: z j  
1988; Nemec, 1990).

Subaqueous debris cones or underwater cor 
deltas lack a subaerial delta plain component .oi

(a)
Fig. 11.106

rents and erosive debris flows originating at bowl
shaped slump scars or stream channel mouths 
(Hoskin and Burrell, 1972; Prior et al., 1981; Syvit- 
ski and Farrow, 1983; Prior and Bornhold, 1988, 
1989, 1990; Weirich, 1989; Bornhold and Prior,
1990). These chutes and channels become infilled 
with turbidites, debris flows and suspension deposits 
(Collinson, 1970; Massari, 1984; Postma, 1984a, b;

(b)
Fig. 11.105 Delta foreset bedding: (a) sand and gravel 
foreset beds overlain by topset gravels, near Sandane, 
southern Norway; (b) details o f sand and gravel foreset 
beds in a glacilacustrine delta, Drymen, Scotland. Note the 
grading with in individual gravel beds and the soft sediment 
clast above the hammer. (Photos: D.J.A. Evans)
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Chute-fill backset

Foreset beds

(b)
Fig. 11.106 Examples of 
backset bedding in the 
foresets of G ilbert-type 
deltas, (a) Unit of pebbly 
sand (arrowed) w ith up- 
slope-dipping cross-strata 
(backsets) on an outwash 
delta foreslope in the 
Netherlands. The delta 
prograded towards the 
left, (b) Backsets (arrowed) 
in a G ilbert-type delta in 
Calabria, Italy. The delta 
prograded to the left. 
(Modified from Nemec, 
1990)
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Fig. 11.107 Profiles of (A) an underwater conical delta, 
and (B) a Gilbert-type delta. (From Nemec, 1990. Reprinted 
by permission of Blackwell Scientific)

in deep water (Type 5, Fig. 11.104, and Fig. 
Гг. Postma, 1990; Nemec, 1990). Continued 
:ent delivery to an underwater conical delta 

eventually leads to the shallowing of water 
> until foresets are able to prograde at water-

level, allowing the development of a delta plain. 
Thus, conical underwater deltas may act as precur
sors to Gilbert-type deltas. The development of 
underwater conical and Gilbert-type deltas under 
non-steady-state conditions in fjords in British
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Columbia, Canada, has been studied by Prior and 
Bornhold (1990) using side-scan sonar imagery of 
modern examples (Fig. 11.108). Prior and Bornhold 
argued that delta morphology changes through time 
in response to changes in, first, sediment supply, and 
second, subaqueous relief and fan gradients. In 
British Columbia, sediment supply has declined dur
ing the Holocene, owing to glacier recession and the 
stabilization of deglaciated slopes in the drainage 
basins, which essentially starves the offshore delta 
slopes. Second, fan gradients have gradually been 
reduced during postglacial time as the deltas have 
aggraded and prograded into formerly deep water, 
reducing the gravitational stresses on the delta sur
faces considerably. Taken together, reduced sediment 
supplies and gravitational stresses have conspired to 
replace high-energy sediment dispersal with low- 
energy processes. According to this model, changing 
processes of sediment dispersal result in a fourfold 
fades succession consisting of (1) coarse-grained 
avalanche deposits with slopes in excess of 20°; (2) 
cohesionless debris Hows (inertia flows) on slopes 
averaging 12°; (3) turbidites; and (4) reworked sedi
ments resulting from gravitational instability on the 
delta front (Fig. 1 1.109). During this succession, the 
delta front is increasingly starved of coarser material, 
and slope instability increases in importance as the 
foreslope experiences loading by distributary mouth 
bar growth and the passage of turbid underflows (Fig. 
11.110).

11.6.5.2 ICE-CONTACT DELTAS
Ice-contact deltas (sometimes referred to as kame 

deltas; Price, 1973; Sharp, 1982; Feenstra and 
Frazer, 1988) may be deposited in ice-marginal or 
supraglacial lakes, or in the sea. They form by 
processes similar to those that produce glacier-fed 
deltas, and exhibit similar fades successions, 
although there are some important differences in 
morphology and facies architecture. Ice-contact 
deltas are disconnected from subaerial feeder 
basins, and form isolated plateaux terminating in 
steep bluffs or ice-contact slopes at their ice-proxi- 
mal ends. They may be perched on topographic 
highs, where the only plausible source of sediment 
and water is a former glacier margin. Pitting or ket
tle holes are common on ice-proximal surfaces, 
recording the melt-out of buried glacier ice (Fig. 
11.111). In glacimarine settings, ice-contact deltas 
are particularly useful in reconstructing glacial and 
relative sea-level histories.

The sedimentology and internal structure of ice- 
contact deltas reflect the close proximity of glacier 
ice. Debris flow diamictons may be widespread both 
on the delta surface and in ice-proximal foresets, 
reflecting direct debris input from the glacier surface

(Shaw and Archer, 1979; Shaw, 1988b; L0nne, 1993; 
Benn and Evans, 1993). The majority of ice-contact 
deltas originate as subaqueous grounding-line fans, 
which then aggrade to water level (Powell, 1990), so 
that their ice-proximal cores will consist of the sedi
mentary sequences described in Section 11.6.1 (e.g. 
Thomas, 1984a; L0nne, 1993; Benn and Evans, 
1996). The ice-distal topsets, foresets and bottomsets 
of ice-contact deltas, however, may be indistinguish
able from those of glacier-fed deltas (Section 
11.6.5.1), although palaeocurrent indicators may be 
more varied than in other delta sequences, owing to 
changing influx points at the glacier margin. Figure 
11.112 shows a longitudinal section through an 
ice-contact delta deposited at the margin of a pied
mont glacier that occupied Loch Lomond, Scotland, 
during the Younger Dryas. At the central and ice- 
proximal (right-hand) parts of the section, the 
deposits consist of cross-cutting sandy and gravelly 
subaqueous flows, interpreted as subaqueous fans. 
These deposits pass distally into gravel and sand 
foreset beds, which are overlain by horizontal 
topsets. At the ice-proximal end, the sequence has 
undergone extensive subglacial deformation, 
whereby the fan deposits have been remoulded into 
glacitectonite and deformation till (Sections 10.3.3 
and 10.3.4), whereas the distal parts of the delta are 
traversed by low-angled thrust faults. The section 
records the evolution of subaqueous fans into an ice- 
contact delta, which was subsequently partially over
ridden and deformed by a minor readvance of the 
Loch Lomond glacier.

The proximal parts of ice-contact deltas may also 
undergo slumping, as a result of the melt-out of 
buried glacier ice or the removal of support from the 
ice-contact face. Typical structures include slump 
folds and normal faults, and it can sometimes be 
demonstrated that slumping occurred syndeposition- 
ally; that is, delta deposition took place while under
lying and adjacent ice was wasting. For supraglacial 
deltas, disturbance may be so extensive that the orig
inal morphology of the delta is almost totally 
destroyed.

Relationships between developmental sequences 
in ice-contact deltas and ice retreat rates have been 
considered by Shaw (1977b). At relatively stable 
glacier termini, normal Gilbert-type deltas can 
develop because of the low ice-retreat to sedimenta
tion ratio (Fig. 11.113A). If the terminus then retreats 
a short distance to another stable position, as often 
happens in glacilacustrine and glacimarine settings, 
the first delta will subside and be buried by a second 
deltaic sequence (Fig. 11.113B). Subsidence in each 
delta occurs only on the ice-contact face. If the glac
ier margin retreats rapidly, the increased ice-retreat to 
sedimentation ratio means that delta formation is 
replaced by deposition of grounding-line fans and
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Fig. 11.109 Sequential evolution of :  - i  
ier-fed deltas based on examples in E- ~ a 
Columbia fjords. The sequence i - . :  л 
w ith debris avalanching and the1'  : :■ 
gresses to  inertia flows, to  turbidity *>: ■ 
and finally to  slope instability. (Frorr i  
and Bornhold, 1990. Reprinted by p e ~  t  
sion of Blackwell Scientific)

Fig. 11.108 The m orphology o f the subaqueous exter; : 
o f the Noeick River Delta, British Columbia, Canada: (a • 
bathymetry o f the fjord bottom (South Bentinck Arm :~  
shore from the delta; (b) the distribution of fjord floor 
tures; (c) side-scan sonographs of sea floor features 
upper slope ridges and swales, ii -  downslope c o n ve rt - 
chutes on the upper fan, iii -  prominent chute conta -  - 
flute trains on the upper fan, iv -  major channel conta - 
broadly spaced flute marks, v -  transverse, lon g-w a ve le -: 
bedforms (antidunes?) on the mid-slope. (From B o r r - :  d 
and Prior, 1990. Reprinted by permission o f Blac> 
Scientific)

AVALANCH ING IN E R TIA  FLO W
.......... ►
IN S T A B IL ITY

S U BAER IAL 
A LLU V IA L F A N / D E L T A IC  PLAIN 

G R O W TH  — — —
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: :  11.110 Schematic m orphology of some subaqueous mass movements. A : Debris avalanching (coarse-grained cohesion- 
debris flo w  and fall); B: inertia flows (sandy cohesionless debris flow ); C: tu rb id ity flows (underflows); D: slope instabil- 

_ slumps, slides, and cohesive debris flows). (From Prior and Bornhold, 1990. Reprinted by permission of Blackwell 
x  entific)

- -:al rhythmites, including varves (Fig. 11.113B: с 
led d).

Changing water depth during delta formation can 
. 'b e  recorded in internal structures. Falling water 

el results in delta incision and the formation of 
iset deltas graded to the new base level (e.g. Sis

k ' s .  1982), whereas rising water level results in
- _cked’ delta sequences one above the other (Fig.
1.114; Thomas, 1984a). Mastalerz (1990) has inter-

*"r:ed Pleistocene deltaic sequences near Neple,
- :em Poland, in terms of an annual cycle of water 

e! changes. According to his interpretation, the
- ■ _ie consists of the following stages (Fig. 11.115). 
. Summer. Water levels are high because glacier 

-~ ::on rates are at a maximum, and deposition is by 
T<xmal foreset progradation, (b) Winter. Ablation
- ->es. water levels fall, and the ground surface 
--res. Deltaic deposition ceases, (c) Spring. The

~  _nd thaws, but water levels remain low, and large-

Fig. 11.111 Ice-contact delta on the Knud Peninsula, 
Ellesmere Island. The delta (bottom right) is connected to a 
contemporaneous subhorizontal lateral moraine which 
extends into the distance along the fjord wall. Both features 
were deposited at the margins o f a retreating fjord glacier at 
the end of the last glaciation. (Photo: D.J.A. Evans)



528 G l a c ia t io n

Diam icton (till)

H orizonta lly bedded gravels and sand (de lta  topsets)

D ipp ing sand nd gravel units (delta foresets)

D ipp ing sand  units (delta foresets)

C ross-cu tting  sand and gravel units (proximal 
subaqueous outwash)

Folded and  th rust sand, s ilt and gravel (g lacitectonite)

(a) Fig. 11.112 (a) Section through an ice-contact delta at
Drumbeg Quarry, near Drymen, Loch Lomond, Scotland 
(from  Benn and Evans 1996), w ith  boxes locating examples 
o f glacitectonites at tw o  locations in the exposure (le ft box 
= Fig. 10.9b and righ t box = Fig. 10.9a); (b) subaqueous 
gravelly mass f lo w  units cross-cutting subaqueous cross
bedded sands at the centre o f the section; glacitectonite 
and deform ation t il l cap the sequence; (c) delta foreset beds 
overlying the cross-bedded sands at the east end o f the sec
tion . Glacitectonic disturbance is evident as low-angle shear 
planes. (Photos: D.J.A. Evans)

scale slumping occurs on the exposed foreslope, (d 
Summer. Water levels rise once more, and foreset 
progradation is resumed. It is not known how typical 
such sequences are o f ice-contact deltas.

11.6.6 Deepwater sedimentary 
successions controlled by submarine 
channels

In Section 10.6, mud drapes were described as mate
rials that blanket the bottom topography o f deep 
water masses. Basins with pronounced relief will 
tend to produce local thickening o f various subaque
ous sediments. Similarly, features such as submarine 
channels will funnel sediment gravity flows and tur
bidity currents. Any topography produced by erosion 
into unconsolidated bottom sediments by powerful 
traction currents will also lead to gravity reworking 
and channelling o f subsequent currents (Miall. 
1985a). This will result in the production o f channel 
fills composed of various sedimentological seq
uences. Many such features occur in ice-proximal 
and ice-contact fans, and these are discussed above. 
Channel fills o f more distal locations are discussec 
here.

Density underflows and turbidites fed from adja
cent ice margins may erode or infill channels on rel- 

W atively shallow shelf slopes. Such a depositions

■ • 1
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Qualitative ratio of ice retreat rate to sedimentation rate

Fig. 11.113 Reconstructions of deposi
tional sequences in alpine glacial lakes 
during (A) glacier occupancy and ice- 
contact delta production; and (B) glac
ier retreat and ice-contact/supraglacial 
deposition of deltaic and distal sedi
ments. Note delta collapse and the 
qualitative ratio of ice retreat to sedi
mentation rate. (From Shaw, 1977. 
Reprinted by permission of Scandina
vian University Press)

UPPER D ELTA

- c  11.114 Schematic representation of deltaic sediments at Rhosesmor, Wales, resulting from a rise in water level from 180 m 
: '92 m. (From Thomas, 1984a. Reproduced by permission of John W iley & Sons)

■ ironment is presented later in Fig. 12.64 for the 
: ■ ;■ Pleistocene Yakataga Formation in Alaska. This

iel depicts an ice-maximum stage when variably 
_ied gravels and sands infill channelized scours,
■ le palimpsest lags are striated on topographic

During intermediate and ice-minimum stages 
- г  channel fills are blanketed first by dropstone 
-Tiictons and muds and then muds from turbid 
-Ties. The general lack of ice-rafted debris on areas 
the Antarctic shelf (e.g. Domack, 1982), probably 

:.ause of the loss of debris by floating ice margins
■ d icebergs within a short distance seaward of the

grounding line, has led C.H. Eyles et al. (1985) to 
suggest that downslope resedimentation by gravity 
flows is the major contributor of sediment to offshore 
canyon systems (see Section 12.5.3 on the ice shelf 
zone of Powell’s (1984) model).

Subglacial tunnel valleys infilled with glacimarine 
sediments after deglaciation have been reported by 
N. Eyles and McCabe (1989b) from the east coast of 
Ireland where ice retreat occurred in contact with 
deep water (Fig. 11.116). The subglacial tunnels, 
once cut by meltwater and then abandoned in deep 
water by retreating ice, acted as depocentres for sed-
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1st annual cycle summer

2nd annual cycle : spring

2nd annual cyc le : late summer

Fig. 11.115 Model of seasonally controlled delta develop
ment, based on sediments exposed near Neple, Poland. 
(From Mastalerz, 1990. Reproduced by permission of the 
International Association of Sedimentologists)

iment gravity flows composed of weakly graded :: 
massive gravels and massive diamictons. Coars. - 
grained sediment was directed to the offshore cha~ 
nels during deglaciation by high meltwaita 
discharges moving along the subglacial portions f 
the channels. The gravity flow facies were the- 
draped by mud from suspended sediment plumes a:'. 
ice-rafted debris. The tunnel valleys reported - 
Eyles and McCabe are tributaries to a larger valley 
system which continues for more than 100 km on
shore and which is infilled with glacimarine sec - 
ment deposited during the deglaciation of the In-: 
Sea basin (Whittington, 1977). The distance travel!.. 
along the tributary channels by individual gravel-п. i 
sediment gravity flows is unknown, but proximal 
distal and upward fining relating to ice-marginal 
retreat would presumably characterize the stack. : 
glacimarine facies in the channels.

11.6.7 Lake floor patterns
A variety of patterns have been identified on r* : 
plains of former glacial lakes in North America * 
Mollard (1983). These are referred to as reticul. 
polygonal, cellular, orbicular, vermicular, doughm - 
like and brain-like micro-relief, with reference u  
their general appearance on aerial photographs i F i l
11.117), and are often associated with iceberg sc - r 
marks. The patterns are best-developed in depi -M

Morainal bank complex

Fig. 11.116 Idealized depositional setting for the margins of the Irish Sea basin according to  Eyles and McCabe (1989fc 
shows the relationship between drumlins produced by fast ice flow  and the construction o f morainal banks by sec 
c e i n g  pumped to a tidewater glacier margin. Fine-grained sediment is carried by plumes and deposited as mud drape: 
:че  subglacial landsystem in more distal locations. (Reprinted by permission of Blackwell Scientific)

Subglacial meltwaters 
and debris moving 
along tunnel valley

1 Sediment gravity flow facies

2 Suspended sediment plumes

3 Ice-rafting

4  Subaqueous outwash

В  Subglacial deposition system

Stratified glaciomarine complex 
infilling subglacially-scoured 
topography
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containing large quantities of montmorillonite clays, 
which are highly plastic and have a strong tendency 
to swell and shrink. Sections in the micro-relief 
forms often exhibit folds, convolutions and diapirs, 
which indicate considerable disturbance in what 
were once subhorizontally bedded lake sediments. 
Mollard (1983) summarized eight different hypothe
ses which have been provided as explanations for the 
striking patterns observed on former lake plains:

1. Slow melt-out of debris-rich or debris-covered 
glacier ice buried beneath lake sediments. This 
may explain doughnut-like mounds which are 
similar to higher-relief hummocky moraine forms 
such as prairie mounds. The underconsolidated 
tills produced by the melt-out process become 
loaded by the accumulating lake clays, thus initi
ating the doughnut-like patterns.

2. Settling of glacier or lake ice fragments into soft 
lake muds as a consequence of lake drainage. The 
horizontal and vertical squeezing of mobile sedi
ments by grounded icebergs to produce craters is 
common in flood tracks (Section 9.3.4.4). How
ever, it is unlikely that the dense patterns illus
trated in Figure 11.117b could be produced by 
icebergs.

3. Formation and melting of lenses and wedges of 
ground ice. Reticulate and cellular patterned 
ground forms are found at the margins of many 
lakes in periglacial environments, indicating inter
mittent inundation and exposure of bottom sedi
ments by fluctuating water levels, and sediment 
modification by wave action (e.g. Dionne, 1978). 
Flowever, individual cells on glacial lake plains 
are up to four times larger than terrestrial perma
frost patterned ground forms.

4. Differential shrinkage of montmorillonite lacus
trine clays with veneers or inclusions of clayey 
silts. After lake drainage and the gradual lowering 
of the water table, areas composed of expansive 
montmorillonite clays lose far more moisture and 
thus develop into topographic hollows. Some of

(c)
Fig. 11.117 Typical lake floor 
patterns on the Canadian 
prairies: (a) iceberg scour 
marks on the former floor of 
Glacial Lake Agassiz; (b) orbic
ular patterns near Maryfield, 
Saskatchewan (from Mollard, 
1983); (c) stereopair o f raised 
rims around piping orifices, 
near Rosetown, Saskatchewan 
(average 100 m across). (Aerial 
photographs reproduced by 
permission of Energy, Mines 
and Resources, Canada)
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the resulting criss-crossing patterns are similar to 
those produced by iceberg scouring except that 
the relief of the furrows is inverted and they are 
now positive rather than negative relief features. 
This may be a product of the differential shrinkage 
that has taken place in lake bottom clays (in which 
furrows were scoured during lake drainage) and 
more silty sediments (deposited in the furrows 
during the late stages of lake sedimentation) since 
glacial lake drainage.

5. Differential consolidation of near-surface materi
als due to desiccation. This is well known in 
expansive clays, where the patterns so produced 
are referred to as gilgai (Gustavson, 1975a).

6. Groundwater piping from sublacustrine aquifers. 
During the period following glacial lake drainage, 
doughnut-like mounds and orbicular patterns can 
be produced in areas where artesian groundwater 
migrates upwards to the surface along vertical 
pipes. At the surface, the escape of the groundwa
ter produces small craters or piping orifices.

7. Earthquake shock waves. Any ground-shaking 
generated by earthquake shock waves would 
induce disturbance in sediments with high mois
ture contents. After glacial lake drainage a desic

cated crust gradually forms over supersaturated 
and underconsolidated muds. Vigorous ground- 
shaking may result in the foundering of the 
higher-density crust in the underlying muds and 
the creation of convolutions and diapirs. The 
highly mobile muds may also burst through the 
surface crust as small eruptions a few metres ir. 
height, explaining the cellular patterns on some 
lake plains.

8. Wave action and drift-ice erosion along a retreat
ing shoreline. Repeated scouring and pitting o: 
bottom muds by drift ice may be responsible for 
the patterns observed on some ancient lake plain> 
In addition, pits may be produced by the lifting o: 
mud and marsh vegetation which has frozen to the 
underside of lake or sea-ice (Dionne, 1968).

Despite their having been recognized over 40 year- 
ago (Horberg, 1951; Mollard and Liang, 1951; Nikif - 
roff, 1952; Colton, 1958), research on the patteme. 
ground of former lake plains is still in its infancy. N : 
only do the details of each of the eight major hypothe
ses need to be verified, but also these miscellaneou- 
lake floor patterns must be differentiated from 
glacigenic and terrestrial periglacial features.
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12.1 INTRODUCTION

The study of large-scale patterns of glacial sedi
ments and landforms and their significance is one of 
the most fascinating and controversial branches of 
glacial geology. When viewed at the scale of an 
entire glaciated basin, the character and distribution 
of glacial sediments and landforms can reveal shift
ing patterns and processes of glaciation over com
plete glacial cycles, and provide a valuable 
complement to short-term studies of modern glacial 
environments. However, reconstructions of former 
glacial environments are only as good as the obser
vations and assumptions that go into them, and it is 
at the largest scale that errors in interpretation 
become most magnified. For example, if a certain 
diamicton unit is interpreted as a basal till, the 
implications for former glacier extent and dynamics 
are very different from those that arise if it is inter
preted as a distal glacimarine deposit. Furthermore, 
the interpretation of ancient landforms relies on ana
logues with modern examples, and an inappropriate 
choice of analogue can lead to potentially mislead
ing conclusions. This problem is becoming less seri
ous as the range of modern landsystems and their 
controls become better known, although much 
remains to be learned.

Despite the difficulties raised by the interpretation 
of ancient landscapes, painstaking work over the 
past decades has revealed a very detailed picture of 
ancient ice masses and their evolution. This is par
ticularly the case for the great Pleistocene ice sheets 
of North America and Europe, where the geological 
record documents complex but coherent patterns of 
environmental change over much of the last glacial 
cycle. Furthermore, the ice sheet record can be 
linked with regional and global climatic and oceano
graphic changes, and an integrated theory of glacial- 
interglacial cycles is emerging (Broeker and Denton, 
1990a, b; Hughes, 1992).

In this chapter we review basin-scale distributions 
of glacial landforms and sediment packages, focus
ing on what such features reveal about long-term pat
terns of environmental change. This provides an 
opportunity to synthesize the material presented in 
previous chapters, and to consider the evidence for 
former climates, hydrology, glacier dynamics, pat
terns of erosion and deposition, and sea-level change 
over complete glacial cycles in a variety of settings. 
Although we focus on the glacial geology of the 
Pleistocene, the period for which the evidence is 
most complete and accessible, it should not be for
gotten that the Earth’s glacial record extends into the 
much more distant past, and that an understanding of 
glacial systems can reveal a great deal about the 
geography of ancient continents and seas. In the fol-
1 u :ng sections, we review glacial landsystems

under four broad headings: (a) ice-marginal ar.; 
supraglacial; (b) subglacial; (c) subaquatic; and i с 
glaciated valley landsystems. We conclude by revie 
ing evidence for past glaciations of Mars, whe-. 
glacial geomorphological studies meet their mi ; 
challenging frontier.

12.2 APPROACHES TO LARGE- 
SCALE INVESTIGATIONS
Investigations of glacial geology at regional or e\ e 
continental scales have a long history (e.g. Geik:; 
1877, 1894; Upham, 1895; Tyrrell, 1898a, b; Fir 
1943). In recent times, such studies have emphasiz;. 
the links between sediment-landform associati- 
and genetic processes, providing a framework : 
using geological evidence to reconstruct long-te- 
patterns of environmental change. Two m _: 
approaches are discussed here: (a) the study : 
glacial landsystems and process-form models; am
(b) sequence stratigraphy. Other, more specializ e. 
approaches are discussed in later sections of th : 

chapter.

12.2.1 Landsystems and process-form 
models
The concept of landsystems was first introduced т 
Australia by geomorphologists and agricultural L 
surveyors in an attempt to classify land capab: 
based upon relationships between geology, sur:_. 
relief and climate (Christian, 1957; Mabbutt, 19t* 
Oilier, 1977). Landsystems were defined as areas «I 
common terrain attributes, different from those 4 
adjacent areas, in which recurring patterns of top • 
graphy, soils and vegetation reflect the underly.-, 
geology, past erosional and depositional process 
and climate (Christian and Stewart, 1952; Stew jr 
and Perry, 1953). The identification of landsyste 
therefore constitutes a holistic approach to ten. 
evaluation, wherein the geomorphology and s u r 
face materials that characterize a landscape 
genetically related to the processes involved in tr. 
development. According to this approach, the 1ал; 
system is the upper level in a hierarchy of terr. 
classification (Lawrance, 1972). At the lowest le-: 
are land elements, or individual landforms; at " 
intermediate level are land facets or groups of lam 
elements; and landsystems are composites of 1 in • . 
land facets. Glacial examples of land elements, face 
and landsystems might be drumlins, drumlin fie!, 
and the whole assemblage of forms representing и 
former glacier bed. Terrain evaluation is usu_D« 
restricted to the uppermost few metres of the grc u i 
(Mitchell, 1973), but N. Eyles (1983c) has stre-
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r*л  glacial landsystems must also include all geneti- 
Ci % related subsurface sediments. The development 
t  'ediment-landsystem models allows subsurface 

a  "iitions to be predicted from surface morphology, 
in ability that has profound implications for resource 
--'fssment and civil engineering works (N. Eyles, 
1983c).

T\ pe examples of glacial landsystems were intro-
- - ced by Boulton and Paul (1976), and developed 
.".her by Boulton and N. Eyles (1979) and N.

es (1983c). Three glacial landsystems were 
--~ned by Eyles (1983a, c): (a) the subglacial 
... '.dsystem, formed at the glacier bed; (b) the 
s  praglacial landsystem, which is draped over the 
i: rmer glacier bed during ice retreat; and (c) the 
i  l iated valley landsystem, which is characteristic 
or mountain areas. These three categories provided
■ verful unifying concepts when they were first
• : 'duced, but some limitations have since become 
. - rarent. First, Eyles’s system is not inclusive, and 

•-.its  landsystems formed in proglacial and 
. -.imarine environments, and other important 
. -_'ial settings. Second, the landsystem approach

e> not deal explicitly with spatial patterns of ero- 
в n and sedimentation, or their variation during 
. _ - ial advance-retreat cycles.

~he landsystem approach can be placed in a
- ".amic context in process-form models. Such mod-

were first applied to glacial landscapes by Clay- 
v -  and Moran (1974), who used spatial patterns of
- -cial landforms and sediments in North Dakota to
■ :er changes in glacial dynamics during ice margin 

i - ance and retreat. Process-form models emphasize 
■. interrelationships of specific landform-sediment 

. - ciations at both local and regional scales, and
■ - r genetic significance in terms of migrating zones 

:c deposition and erosion. Process-form models can 
' .  applied at a wide range of scales, from the mar-
- ■ A zone of a fluctuating valley glacier to recon- 
«г-ctions of the great Pleistocene ice sheets (e.g.

.gden, 1977; Dyke et al., 1982b; Sharp, 1985b;
<e and Prest, 1987; Boulton and Clark, 1990b; 

r oers, 1990b). 
jlacial landscapes commonly consist of superim- 

:< ~ed depositional systems of different ages, resting 
ц> n older erosional surfaces. Such landscapes have 
' - .n  compared to a palimpsest, or a parchment
* - ch was reused by early monastic scholars when 
»> ~ ring materials were in short supply (Chorley et 
л  1984). Older text was erased to make way for 
: t ' er writing, but the erasing was not totally effec- 
■r and the older inscriptions tended still to be par- 
cilly visible. Thus, a palimpsest provides a vivid 
H- aphor for landscapes in which the products of 
iT.cient processes are partially visible below more 
:. ent forms. Each new generation of the landscape 
•" rrits the topography, substrate type, drainage

characteristics and other factors established by the 
previous generation, so that older landscape compo
nents act as important constraints on subsequent 
landscape evolution. In glaciated terrains, large- 
scale erosional forms are generally the cumulative 
effect of multiple glacial cycles (Section 9.5), 
whereas the sedimentary record typically records 
only the most recent glaciation. This is particularly 
true of continental interiors, where widespread ero
sion and sediment reworking during glacier 
advances ensure that older glacigenic sequences 
rarely survive within younger glacial limits. 
Glacimarine sequences have greater preservation 
potential, particularly in subsiding basins such as 
the central graben of the North Sea, where > 1 km of 
Quaternary sediments are preserved. On tectonically 
stable shelves, glacimarine sequences are more 
likely to be removed by glacial or proglacial ero
sion, and rarely exceed 100 m in thickness (Section 
12.5; N. Eyles and C.H. Eyles, 1992; N. Eyles, 
1993).

Even when applied at a very general level, the 
landsystem approach can reveal striking patterns of 
glacial erosion and deposition. For example, Fig.
12.1 shows large-scale glacial geomorphological 
zones in North America and Britain (N. Eyles and 
Dearman, 1981; N. Eyles et al., 1983). These maps 
give a clear impression that glacial landscapes 
exhibit systematic spatial organization, and hint at 
important underlying climatic, geological, topo
graphical and glaciological controls. In later parts of 
this chapter, we examine the organization and 
genetic significance of glacial landscapes in detail, 
and review the emerging picture of the long-term 
impact of glaciation.

12.2.2 Sequence stratigraphy
A new and powerful approach to the study of glacial 
depositional systems has arisen from the concepts of 
sequence stratigraphy, which deals with large-scale 
depositional cycles in the rock record. Originally 
developed by petroleum geologists from the Exxon 
Production Research Company in Houston, Texas, as 
a tool for locating potential hydrocarbon reservoirs, 
sequence stratigraphy seeks to identify large-scale 
sequences of conformable, genetically related strata 
bounded by unconformities or other major disconti
nuities (Brown and Fisher, 1977; Van Wagoner et al., 
1988; Posamentier et al., 1988; Galloway, 1989; 
Walker, 1992a; Martini and Brookfield, 1995). 
Within such sequences, strata may be grouped into 
systems tracts, defined as linkages of contemporane
ous depositional systems (Fig. 12.2). The original 
emphasis was on shallow marine environments, and 
systems tracts were originally defined in terms of 
major erosional and depositional episodes associated
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with global cycles of sea-level change. Three types 
of systems tract were recognized, formed respec
tively during periods of marine transgression, high- 
stand and regression. Thoughtful reviews of the 
concepts of sequence stratigraphy and its method
ological problems have been provided by Walker 
(1990, 1992a).

Some principles of sequence stratigraphy have 
been applied to glacial depositional systems by Boul- 
: r . ' 1990). N. Eyles and C.H. Eyles (1992) and Mar

tini and Brookfield (1995). It has been found ne„. ■ 
sary, however, to modify the approach before it can 
be applied to the glacial case. First, patterns of 1 x  J  
sea-level change in glaciated areas are complicai-J 
by the isostatic depression of the crust by ice loac - 
(Section 1.5.1.2), and variation in crustal loac - 
across a glaciated basin can cause one part to exr-_ 
ence a fall in relative sea-level while sea-leveb r 
rising in another. The grouping of contemporanc . - 
depositional systems into systems tracts on the Ь ^й

Fig. 12.1

PREDOM INANT TERRAIN  TYPE

[[ | Lodgement till dominant

Drumlinized surface with 
direction of ice flow

■  Scoured bedrock surfaces
____ with little drift cover
| ~] Glaciated valley terrain

Щ§§ Supraglacial terrain

jS**  Principal directions of ice flow

Southern limit of last 
glaciation (Devensian)

Dissected subglacial terrain
---------deposited from previous

glaciation(s) (pre-Devensian drift)

.........Limit of Anglian glaciation

-------- Generalized 75cm rainfall isohyet

Subglacial terrain
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: g. 12.1 The coverage of glacial landsystems in: (A) Britain (From N. Eyles and Dearman, 1981. Reproduced by permission 
: '  :ne International Association of Engineering Geologists); and (B) North America (modified from N. Eyles et al., 1983). Pre- 
• i'lt ice cover is shown only fo r the Arctic. Southern limit of continuous permafrost shown by open circles. Maximum outer- 
~cst limit of glaciation shown by thick black line.

r g. 12.2 Hypothetical systems tract development during 
r;-ieve l cycles. Highstand systems tracts (HST) are formed 

: ng periods of high sea-level; transgressive systems tracts 
are formed during rising sea-level; and lowstand 

.-edges (LSW) are formed at times of low sea-level.
jence boundary 1 (SB1) is an erosion surface separating 

•: sequences. LCC = Leveed channel complex. (From 
Л = <er, 1992a. Reproduced by permission of the Geological 
-Hociation of Canada)

of regional marine erosion surfaces is thus impracti
cal (N. Eyles and C.H. Eyles. 1992). Second, glacial 
depositional systems located on land, in inland lakes 
or below grounded glacier ice are generally con
trolled by factors other than global sea-level change. 
The logical basis for defining glacial systems tracts 
is the glacier advance and retreat cycle. Within the 
maximum glacier limits, depositional systems 
deposited during advance and retreat will be sepa
rated by a time-transgressive subglacial erosion sur
face or a wedge of subglacially deposited or 
deformed sediment (Section 12.4.1; Berthelsen, 
1978; Boulton, 1996a, b). Beyond the ice limit, com
plete depositional sequences may be preserved in the 
form of distal-proximal-distal successions, record
ing the migration of depositional systems in response 
to glacier advance and retreat (Section 12.5.1; Boul
ton, 1990; N. Eyles and C.H. Eyles, 1992). Through
out this chapter, we emphasize the role of the glacial 
cycle in controlling the large-scale sedimentary 
architecture of glaciated basins.
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12.3 ICE-MARGINAL AND  
SUPRAGLACIAL LANDSYSTEMS

This section reviews landsystems produced at the 
margins of ice sheets and ice caps, where supra- 
glacially entrained debris is rare or absent. In such 
situations, debris for the construction of ice-marginal 
landforms must be derived from the glacier foreland 
or the bed, and elevated to higher levels by either 
proglacial or englacial glacitectonic processes, or 
pressurized meltwater flowing in englacial conduits. 
The processes and patterns of debris entrainment, 
elevation and deposition at glacier margins are 
strongly influenced by glacier thermal regime and ice 
margin activity, allowing some of the climatic and 
dynamic characteristics of former ice masses to be 
reconstructed from geological evidence.

This section examines ice-marginal and supra- 
glacial landsystems under four headings: (a) temper
ate glacier margins; (b) subpolar margins; (c) 
polar-continental margins; and (d) surging glaciers. 
Temperate margins are mainly wet-based but may 
experience seasonal freezing near the snout during 
cold conditions in the winter; subpolar margins are 
characterized by cold-based conditions near the snout 
and wet-based conditions further upglacier; and 
polar-continental margins are cold-based with 
insignificant production of meltwater at the surface. 
Surging glaciers may be of temperate or subpolar 
type. In reality, there is an unbroken continuum of 
variation between temperate and polar-continental 
margins, but it is important to emphasize the distinc
tiveness of ice-marginal processes and products in dif
ferent climatic settings. At temperate glacier margins, 
melting occurs at the glacier surface and the bed, and 
meltstreams are important agents of sediment trans
port and deposition. Landsystems produced in such 
settings record alternating glacifluvial and gravita
tional processes, locally modified by glacitectonic 
deformation. In addition, extensive proglacial rivers 
may heavily rework glacigenic landforms following 
deposition. Subpolar margins are commonly affected 
by glacitectonic processes, owing to strong compres
sive flow as wet-based ice decelerates against cold- 
based ice near the snout. These processes are capable 
of elevating large amounts of debris above the glacier 
bed and foreland. Meltwater is available on the glac
ier surface but not the bed, and can have an important 
impact on ice-marginal landsystems. Polar-continen
tal margins may be subject to tectonic processes sim
ilar to those undergone by subpolar margins, but 
meltwater is of negligible importance in these arid set
tings, so ice-marginal sediment accumulations are 
less prone to reworking after ice recession.

Ice-marginal and supraglacial landsystems can be 
.vally impressive, forming high-relief, irregular ter

rain in otherwise flat landscapes. When viewed at a 
regional scale, however, such landsystems occupy a 
relatively small proportion of the area occupied b; 
former ice sheets, and commonly contain ‘windows 
through which underlying subglacial landsystems are 
visible. Thus, in regions affected by ice sheet glacia
tion, the subglacial landsystem is commonly the 
most prominent in the geomorphological recor_ 
(Section 12.4). The most impressive ice-margin. 
and supraglacial landsystems are those produced b 
valley glaciers in mountainous terrains where con
siderable quantities of debris are delivered to g lade 
surfaces (Section 12.6). We discuss the landsystem 
formed at temperate, subpolar, polar-continental anc 
surging glacier margins in turn below, focusing с: 
modern examples. We then examine the applicabik: 
of these landsystems to Wisconsinan ice-margim 
and supraglacial landforms deposited at the souther- 
margin of the Lauren tide ice sheet, as a case study I 
the continental-scale distribution of Pleistocene lam 
forms.

12.3.1 Temperate glacier margins
Temperate glacier margins can be defined as tho-e 
which are mainly wet-based for at least part of the 
year, and generally occur in areas of discontinuous - 
no permafrost. A narrow frozen zone develops be! ■ 
the margin of many temperate glaciers during tht 
winter, owing to the penetration of a cold wave frc a  
the atmosphere through the thin ice at the edge of th 
glacier (Boulton, 1977a; Harris and Botham'. 
1984; Kruger, 1994). Additionally, small and discon
tinuous areas of net freezing can exist below sore 
temperate margins in areas of discontinuous pe*- 
mafrost (e.g. Lawson, 1979a). At present, broad ter - 
perate glacier lobes are found mainly in southen 
Alaska, Iceland and Patagonia. Mountain glacier' • 
many mid- and low-latitude areas also have tem p l
ate margins, but the landsystems they create are ge: - 
erally strongly influenced by topography a r . 
supraglacial debris supply (Section 12.6).

Beneath temperate glaciers, sequences of debr 
rich basal ice are typically thin or absent (Sec;:c* 
5.4.1; Hubbard and Sharp, 1989, 1993). Altho_r . 
some englacial thrusting and folding can occur я 
association with seasonally frozen ice at the marg -, 
the amount of debris elevated from the bed to gL. er 
surfaces is generally small (Boulton, 1977a). The-; 
fore, in situations where supraglacial or glaciflu al 
debris sources are of minor importance, depositk - .: 
temperate glacier margins typically produces sn . 
dump moraines, or push and squeeze mora - 
derived from sediment exposed on the glacier : * 
land (Fig. 12.3; Sections 7.3, 7.4, 11.3.2 and 11.3 
Imbricate thrust moraines are most commonly 
ciated with subpolar and surging glaciers, but _
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■jcur at some temperate ice margins. Modern exam- 
rles have been described from Iceland, where thrust- 
ng mainly affects ice-contact fans built up against 
ne ice front but can also relocate slabs of subglacial
11 (Kruger, 1985, 1987, 1993, 1994; Humlum, 
985b; Boulton, 1986). The sole thrusts of these 
rubricate moraines are at shallow depth (l-2m ), and 

~iay be associated with the base of a seasonally 
rrozen layer (Kruger, 1994). In contrast, the sole 
“.rusts of tectonized ridges in front of surging Ice- 
.indic glaciers may be several tens of metres below 

r.e surface (Croot, 1988b; Section 12.3.4).
Glaciers without extensive debris cover respond 

■_pidly to seasonal temperature fluctuations, so glac- 
er margins tend to oscillate on an annual basis. As a 

•esult, suites of recessional moraines are commonly 
'irned during deglaciation, except where glacier

• elocities are low and/or ablation continues through
out the year (Sections 7.2 and 11.3; Sharp, 1984; 
Boulton, 1986; Kruger, 1987, 1994). The areas
■ etween recessional moraines represent periods of 
rapid glacier retreat, and commonly exhibit well-pre- 
-erved subglacial landforms (Figs 12.3, 12.4). A
- ^mplete sequence of annual moraines dating from

period 1965-83 (and probably up to the present) 
rusts on the foreland of Breidamerkurjokull, Iceland 
rig. 12.5). The relationships between annual tem- 

rerature cycles, ice margin fluctuations and moraine 
rmation at this site were studied by Boulton 

’986), who showed that the recessional moraines 
ire formed at the culmination of winter readvances 
'-perimposed on overall glacier retreat. Well-pre- 
-crved sequences of recessional moraines deposited
* • ancient glaciers may also have an annual origin,

Fig. 12.3 Aerial photograph o f the foreland of Hein- 
abergsjokull (H), Iceland. Annual push moraines (p) record 
readvances that interrupted glacier recession, while other 
parts of the foreland have been reworked by meltstreams. 
Flutings (f) are also visible in the inner zone of push 
moraines in front o f Heinabergsjokull. A ll these features 
were produced during the retreat of the glaciers from their 
Little Ice Age maximum limits (m). Scale bar represents 
500 m. (Aerial photograph (1989) reproduced by permission 
of Landmaelingar Islands)

but this is difficult to test given the accuracy of cur
rently available dating methods.

Meltwater can have a profound influence on the 
landsystems formed at temperate glacier snouts. 
Where subglacial and englacial drainage systems 
are well-developed, sands and gravels can accumu
late within conduits, and meltstreams emerging at 
the glacier surface can deposit considerable quanti-

- g .  12.4 Model of ice-marginal, subglacial and proglacial landsystems on the foreland of Myrdalsjokull, Iceland. 1: outer- 
- : s t  push moraine dating to the Little Ice Age; 2: ice cave and stream outlet; 3: outwash fan produced at various ice-mar- 
: ~al positions; 4: old push moraine overridden by the glacier during its advance to the Little Ice Age limit; 5: annual (push) 
~ :-aines produced during recession from the Little Ice A ge limit; 6: small flutings; 7: drumlin (old moraines drumlinized); 8: 
: '3-glacial outwash deposited when ice was at Little Ice Age maximum. (Modified from Kruger, 1987)
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Fig. 12.5 Push moraines formed betwee' 
1965 and 1982 at the western margin c* 
Breidamerkurjokull, Iceland: (A) distrib_ 
tion of the annual push moraines ar : 
major flutings; (B) fluctuations o f the w e r  
ern margin of BreidamerkurjokU 
between 1965 and 1981, and me=- 
monthly temperatures at Holar i H e  
nafirdi (50km away) between 1960 a r :  
1981. Dots and dots w ith error bars a 'r 
field observations. W inter readvances a-; 
superimposed on a pattern o f gener: 
retreat. (From Boulton, 1986. Reprinted с 
permission of Blackwell)

ties of glaeifluvial sediment in supraglacial positions. 
Indeed, on some glaciers, glaeifluvial sediment con- 
stititutes the major part of the englacial and supra
glacial sediment load close to the margins (Gustavson 
and Boothroyd, 1987; Kirkbride and Spedding,

1996). During deglaciation, uneven ablation of sec 
ment-covered ice can lead to the development >: 
glacier karst (Section 6.5.4.2; Clayton, 1964). Seu - 
ment deposited within conduits and in supraglaciJ 
outwash fans and lakes produces a complex assen -
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- c  '2.6 (a) Kame and kettle landscape: Bruarjokull, Iceland. Outwash has prograded over a low-gradient glacier snout, and 
г  : : -essive melt-out of buried ice has led to the development o f kettle holes and linear depressions and channels. (Photo: 
Z . A Evans) (b) Simplified cross-sections through the complex stratigraphic successions associated w ith  ice recession from 
' -  ::alescence zone of the Irish Sea and Welsh ice sheets at the close of the last glaciation. The interbedded sediments rep- 
- former ice-marginal sandar, ice-contact alluvial fan ramps, proglacial sandar, and ice-contact and proglacial lakes. 
-c-=glacial deposition on a receding ice margin was interrupted by minor standstills and ice front oscillations. The inset 

shows the locations of rock outcrops (shaded) and cross-sections A -D . (From Thomas, 1989. Reprinted by permission of 
сr  -  .Viley & Sons)

consisting of discontinuous ridges, mounds and 
meandering erosional channels, with a relative relief 
of up to several tens of metres. Modem examples 
have been described from the Malaspina Glacier, 
southern Alaska, by Gustavson and Boothroyd
(1987). Landforms at different topographic levels 
and locations record changing depositional environ
ments during glacier downwasting and recession 
(Young. 1975. 1978: Gustavson and Boothroyd, 1987; 
Gray. 1991: Johnson and Menzies. 1996). Distinctive 
spatial associations of glaeifluvial landforms dep
osited during ice wastage have been termed morpho- 
sequences (Jahns, 1941: Koteff. 1974: Koteff and 
Pessl. 1981). In such sequences, proglacial outwash 
passes upvalley into kame and kettle topography, 
which is inset within ice-marginal kame terraces and 
moraines. Kame and kettle topography is locally 
refashioned into suites of river terraces by proglacial 
and postglacial streams.

' -ze of landforms including esker systems, kame 
~ iges and plateaux, and pitted outwash (Sections 

2.9 and 11.4; Fig. 12.6a). The surface topography 
: 'Uch assemblages is commonly highly irregular,
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An excellent example of the stratigraphic com
plexity produced during ice margin retreat was 
reported by Thomas (1989) from the Cheshire- 
Shropshire lowland, England, in the former coales
cence zone of the Devensian Irish Sea and Welsh ice 
sheets. A thick supraglacial debris cover was influen
tial in the formation of prominent moraine ridges, the 
tills of which interdigitate with the glaeifluvial and 
glacilacustrine sediments of ice-contact fans, ribbon 
sandar and ice-contact and proglacial lakes (Fig. 
12.6b).

In temperate environments, subglacial, ice-mar- 
ginal and supraglacial landsystems are commonly 
substantially modified by proglacial glaeifluvial 
deposition and erosion during and following degla
ciation. Landforms such as drumlins, eskers and 
moraines may be heavily reworked by meltwater 
and/or buried by outwash sediments so that they are 
left as remnants or inliers within sandur plains (Fig.
12.3). Even large ice-marginal moraines can be dis
sected or partially destroyed by meltstreams directly 
after emplacement (Price, 1969; Price and Howarth, 
1970; Kruger, 1987, 1994; Thompson, 1988). In 
some cases, virtually all the depositional legacy of a 
temperate ice lobe takes the form of glaeifluvial 
sediments.

12.3.2 Subpolar glacier margins
Subpolar margins are characterized by an outer cold- 
based zone and an upglacier wet-based zone. At pre
sent, such glacier margins are found mainly in areas of 
continuous permafrost north of the Arctic Circle, in 
Greenland, the islands of the Canadian Arctic, and the 
Arctic Ocean archipelagos of Svalbard, Novaya 
Zemlya and Severnaya Zemlya. However, the high- 
altitude ice caps and glaciers in the mountains of cen
tral Asia (e.g. the Kunlun and Tien Shan; Huang 
Maohuan, 1992) also lie in permafrozen regions, and 
have many similarities with those at high latitudes. 
Subpolar glaciers also occur in the Antarctic Penin
sula. Regions of continuous permafrost have low 
mean annual temperatures and generally low precip
itation. For example, at sea-level in Svalbard, mean 
annual temperature (MAT) is c. -6 °C  and precipita
tion is c. 200-400 mmyr \  Permafrost is c. 100 m 
deep in coastal areas, thickening to more than 400 m 
in the central mountains (Liest0l, 1977). At Resolute 
in the Canadian Arctic, MAT is - 1 6°C and precipi
tation is 860 mm yr ', and permafrost in the region is 
up to 600 m deep.

The thermal regime and geomorphic impact of 
glaciers in permafrost regions are determined by ice 
thickness and activity (Dyke, 1993b). Ice caps grow
ing on thick permafrost must initially be entirely 
с dd-based, but wet-based zones can develop in 
re-rvnse to subglacial heating from two sources: (a)

geothermal heat, and (b) strain heating produced b 
glacier flow (Section 2.5.2). According to Dyke 
thawing of the bed is most likely where glacier veloc
ities are highest; that is, in the vicinity of the glacic- 
equilibrium line and in areas of flow convergent 
(Section 4.1.1). Thus, wet-based ice will be mos 
extensive below glaciers with relatively high mas- 
throughput and/or strong converging flow. In the 
upper parts of glacier accumulation areas, cold-base _ 
zones are likely to persist, because of low ice veloc: 
ties and downward advection of cold firn. Cold-base; 
ice occurs beneath the glacier margins where ice i? 
thin, velocities are low, and proglacial perinafr - 
extends below the glacier. Thus in permafrc - 
regions, small low-activity glaciers are likely to be 
cold-based throughout.

The presence of wet-based ice upglacier from .. 
frozen margin in subpolar glaciers has a profounc 
impact on processes of debris entrainment, transp г 
and deposition. First, erosion below wet-based, slid
ing ice provides a source of debris which can h; 
transported towards the margin in regelation ice o : . 
subglacial deforming layer. Erosion rates may be 
small where sliding velocities are low, but can be si £ 
nificant below outlet glaciers (Dyke, 1993b; Hal’et 
et al., 1996; Section 5.3.6). As this debris is trar- 
ported into the frozen zone at the glacier margir_ 
sequences of debris-rich basal ice develop as a res_ - 
of net adfreezing (Section 5.4.2; Weertman, 1961. _ 
Hubbard and Sharp, 1989; Hubbard, 1991). The--, 
debris sequences are commonly thickened and ele- 
vated towards the glacier surface by strong comprc - 
sive deformation resulting from ice deceleration Л 
the frozen margin (Section 5.4.4; Goldthwait, 195 
Boulton, 1972a; Echelmeyer and Wang, 19S~; 
Knight, 1989, 1994; Tison et al., 1993; Hambrey a r . 
Huddart, 1995; Etzelmiiller a/., 1996). Thick ba-.. 
debris sequences also form where glaciers overr _ 
buried ice dating from earlier glacial events (Sectie  
5.4.3; Hooke, 1970, 1973b; D.J.A. Evans, 1989И 
D.J.A. Evans and England, 1992). The long sun : J  
of buried ice in permafrost environments means i : . 
debris-rich ice may be recycled many times over >e - 
eral glacial cycles as glaciers advance and retrea:

Compressive stresses at the margin are transmitte. 
to the glacier foreland, and where thick accumu a- 
tions of unconsolidated sediments are present, cc m- 
posite ridges and thrust-block moraines art 
constructed by proglacial tectonics (Section 11.3.1 I 
Kalin, 1971; D.J.A. Evans, 1989a, b, 1990a; D.J 
Evans and England, 1991; Hambrey and Hudd_- 
1995; Etzelmuller et al., 1996). Thrusting is m с 
effective in wide valley bottoms close to sea-ie г 
where fine-grained glacimarine and lacustrine seaij 
ments crop out, although thrusting may also aftr. 
frozen gravels (Kalin, 1971; D.J.A. Evans 
England, 1991; Lehmann. 1992; Hambrey and H
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~rt. 1995). Proglacial thrusting is commonly 
---ompanied by englacial thrusting and the elevation 
:' basal debris to the ice surface, which is then 

vorked by water and gravitational processes during 
-glaciation (Boulton, 1972b; Hambrey and Hud- 

. - i .  1995; Etzelmiiller et al., 1996). The combina-
■ n of proglacial and englacial thrusting, therefore, 
-"rates a landsystem in which outer thrust-block 
e  raines pass upvalley into ice-cored chaotic hum-

cky moraine, controlled moraine or kames (Figs 
1 7 and 12.10). The generally low discharges of 

r  eltstreams in Arctic environments mean that such 
-"dsystems are only locally reworked into outwash 
-eposits, and tend to be well preserved.

Where proglacial thrusting does not occur, glaciers
- mmonly terminate in steep ice cliffs along which 
: rvated basal debris is exposed (Fig. 7.10). Ice 
~_rgin positions are recorded by frontal aprons built
- г from fallen or inwashed debris (Sections 7.3.1 and

3.3; D.J.A. Evans, 1989b). Following ice margin 
treat, belts of hummocky and controlled moraine 

ire deposited upvalley from frontal aprons, as the 
:'-ilt of melt-out and reworking of englacial debris.

die debris cover is thicker than the depth of sum
mer melting (the active layer thickness), ice cores 
- i y  survive indefinitely within frontal aprons and
i."Ociated hummocky and controlled moraine.

In cases where bedrock is close to the surface or 
_ -cier activity is low, moraines formed at the mar- 
nns of Arctic-type glaciers may amount to no more 
г. Л1 a line of boulders, attesting to very low turnover 

iebris (Fig. 12.8 (Plate 24)). Recessional moraines 
ire uncommon, owing to the scarcity of debris. Basal 
: '  are rare and usually occur only as a veneer 
с 50cm thick (D.J.A. Evans, 1990a). The amount of 
. salable debris reaches a minimum where glaciers 
xre predominantly or entirely cold-based. Former 
. _eier margins in such areas are most often marked 
'  lateral meltwater channels cut into bedrock (Sec- 
_". 9.3.4.3; D.J.A. Evans, 1990b; Dyke, 1993b). 

hese lateral channels form because surface meltwa- 
-■ is prevented from penetrating the glacier by low
- e temperatures, so that it must drain over the sur- 
лсе and around the margin of the glacier. Dyke 
i -93b) described spectacular examples of lateral 

. ‘ _nnels from the central Canadian Arctic, where 
ne> commonly form nested sets that clearly delin- 
:-:e successive positions of retreating ice lobes (Fig.
1 . Where best-developed, lateral channels are 
erv closely spaced and record retreat with a very 

т re temporal resolution, and in some cases possibly 
: - : Ive individual (annual) melt events. Lateral chan-
- - may be the only evidence left by predominantly 
г л holly cold-based glaciers and ice caps, such as 

~e late Wisconsinan ice caps on Somerset and Corn- 
ь ~ .is Islands in the central Canadian Arctic. In these 
iTris. channels are incised into otherwise unmodified

periglacial land surfaces consisting of felsenmeer, 
tors and gelifiuction terraces (Dyke, 1993b). On 
south-east Ellesmere Island, where glacier activity 
was higher, owing to moisture advected from the 
open water of northern Baffin Bay, tills and moraines 
are more widespread, but lateral meltwater channels 
incised into bedrock remain important components 
of the glacial landscape.

Where cold glacier tongues descend to the sea, as 
in parts of the Canadian Arctic archipelago, glacier 
ice shelves can form ice shelf moraines along the 
margins of fjords and inter-island channels (Sections
1.4.3.1 and 11.6.4; England et al.. 1978; Hodgson 
and Vincent, 1984; Dyke. 1987: Dyke and Prest, 
1987; Hodgson, 1994). In tjord landscapes, ice shelf 
moraines tend to be composed predominantly of 
coarse, angular debris derived from local bedrock 
slopes, whereas at the margins of inter-island chan
nels they commonly contain considerable quantities 
of reworked marine and glacimarine sediment. Ice 
shelf moraines have been reported from the Antarctic 
Peninsula by Sugden and Clapperton (1981), but 
polar examples are otherwise rare in the glacial liter
ature (Section 11.6.4).

The regional distribution of glacial landforms on 
Victoria Island, Arctic Canada, has been used by 
Sharpe (1988b) to reconstruct phases of activity at 
the northern margins of the Laurentide ice sheet. The 
distributions of four landform sets and their relation
ships to topography along one transect on Wollaston 
Peninsula are depicted on Fig. 12.10 and Fig. 12.11 
(Plate 25). Landform set I consists of ‘ground 
moraine’, which comprises a thin, low-relief glacial 
sediment cover with small recessional moraines, 
meltwater channels and ice stagnation topography. It 
is restricted to the high plateau surface of the penin
sula. Landform set II consists of hummocky moraine 
and occurs largely as a broad belt around the penin
sula, associated with the major bedrock scarps at the 
peninsula margins. Landform set III incorporates lat
eral moraines and deformed (shear) moraines includ
ing the complex Colville end moraines. These were 
deposited along the southern escarpment of the 
peninsula and include glacimarine sediments where 
the ice margin contacted the sea. The shear moraine 
is interpreted as the product of deposition in a shear 
zone at the margin. Landform set IV consists of 
streamlined landforms, and includes drumlins and 
flutings of the lowland to the south of the peninsula. 
The drumlins trend parallel to the southern escarp
ment of the plateau, whereas the flutings document 
ice flow towards the escarpment and the shear 
moraine. Sharpe used these landform sets to sugge.-t 
a complex series of glaciological conditions brought 
about by changing ice thicknesses and localized topo
graphic controls. Landform set I was produced by the 
retreat of thin, active ice undergoing extending flow.



Fig. 12.7 The production o f landform-sediment associations at the margin of the Laurentide ice sheet in the vie;- zr 
Bluenose Lake, NW T, Canada, at the end of the last glaciation, (a) Ice-maximum phase. A, inactive ice; B, active ice; C, D ~  s 
englacial debris band producing transverse controlled moraine; E, outwash; F, moulin and kame. (b) Glacial Lake B L e - * 
phase. Controlled moraine ridges and ice-marginal kame and lacustrine features are produced as ice undergoes rece:: : c 
large tracts of buried glacier ice still exist in this region. A , ice-contact delta; B, stagnant ice; C, thick englacial debris z-: -1  
D. kame terrace; E, isolated supraglacial kame; F, isolated kame; G, controlled transverse moraine; H, Glacial Lake B lu e -: : 

gadfacustrine deltas. (Modified from St Onge and McMartin, 1995)
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* ' ;reas the thicker sediment cover in landform set II
ж . rds compressional flow followed by stagnation. 
. —Tdform set III records ice-marginal sedimentation

S  compressional flow against the escarpment and
"ible shearing during a glacier surge, or at least a 
-_:ivation of fast glacier flow, in the lowlands to the

- -ih of Wollaston Peninsula, where landform set IV 
* . > deposited.

'2.3.3 Polar-continental glacier 
~argins

-tinctive glacial landsystems are formed around
■ - margins of glaciers in the polar deserts fringing 

: ms of the Antarctic ice sheet, such as the Vestfold
- ~s in East Antarctica and the Dry Valleys in the 
"■-nsantarctic Mountains. These areas are cold and 
ь -.dy, and have a moisture deficit because sublima-

n exceeds precipitation. For example, in the 
« ~ght Valley in the Dry Valleys region, MAT is
- ; 9.8°C, and precipitation is only 10 mm yr (Den- 

n et ah, 1993). Because of the low temperature and
• .aridity, 90 per cent of glacier ablation is by subli- 

_:ion and only 10 per cent by melting (Chinn,

1980). Local glaciers are entirely cold-based, and are 
nearly free of debris, although some of the larger ter
restrial outlet tongues of the Antarctic ice sheet are 
partly wet-based with cold-based margins, and have 
stacked basal debris sequences similar to those of 
Arctic-type glaciers (Shaw, 1977a, c; Lundqvist, 
1989b; Denton et al., 1993).

The extreme aridity and limited importance of 
melting in this environment have important implica
tions for glacial deposition and landsystem develop
ment. Where thick basal ice sequences crop out, 
marginal aprons accumulate by gravitational proc
esses, but with very limited reworking by meltwater. 
Within the marginal aprons, belts of hummocky and 
controlled moraines can develop from stacked and 
thrust englacial debris sequences. The topography of 
controlled moraines is inherited from englacial 
structures, such as debris bands and folds in debris- 
rich basal ice, and commonly includes ridges trans
verse to glacier flow (Shaw, 1977a, c; Rains and 
Shaw, 1981). Rates of ablation are extremely slow, 
owing to the predominance of sublimation (Section
6.5.1), and features that appear to be terminal and 
hummocky moraines in fact commonly constitute a 
thin veneer of debris overlying buried ice (Rains and

Fig. 12.9 Lateral meltwater channels 
cut along the margins of retreating 
fjord glaciers on Knud Peninsula, 
Ellesmere island. (Aerial photograph 
provided by the Department of Energy, 
Mines and Resources, Canada)
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(b)

Fig. 12.10 The glacial landforms of Wollaston Peninsula, Victoria Island, Arctic Canada; (a) the distribution of landform se:: 
and subsets fo r the whole of Wollaston Peninsula; (b) cross-section through Wollaston Peninsula showing the elevation c o '- 
trol on glacial landform zonation. Note that the hummocky moraine and end/shear moraines are draped adjacent to  or ove- 
a major bedrock scarp. (From Sharpe, 1988b. Reprinted by permission of the Canadian Journal o f  Earth Sciences)
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Selby, 1972; Pickard. 1983: Lundqvist. 1989b: 
Fitzsimons, 1990). Lundqvist 1 1989b i has described 
impressive ice-cored moraines from the Yestfold 
Hills. The moraines are sharp-crested and up to 
25 m high, but are composed mainly of clean ice

with a thin debris cover nowhere more than 2 m 
thick. Aprons and hummocky and controlled mor
aines are mainly composed of debris flow and fal 
deposits and sublimation tills (Sections 10.5.2._
10.5.5 and 10.3.7).
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Although meltwater discharges are small in 
- tarctica, ephemeral proglacial streams are capa- 
\ e  of undercutting ice-cored moraines and acceler- 
r.:ng the ablation process (Rains and Selby, 1972; 
r ckard, 1983). Where such streams dissect subli
mating ice-cored ridges, they deposit small qualiti
es of stratified sands and gravels which 
~:erdigitate with mass flow diamictons liberated 
*:m the buried ice. Entirely cold-based glaciers 
i-thout stacked basal debris sequences leave very 
b::le imprint on the landscape, and end moraines 
. mmonly consist of little more than low ridges 
rig. 12.12). Unlike in Arctic environments, mar- 
: ~al meltwater channels are rare.

Thrust-block moraines occur in front of some 
^aciers in the Dry Valleys region (Fitzsimons, 1996, 

J97). These moraines are up to a few tens of metres 
:;h, and consist of upglacier-dipping blocks of 

rravels, sands and occasional organic muds. The for- 
~ation of these moraines appears to require special 
. nditions, because most proglacial sediment is
- ?eply frozen and ice-cemented, and has a high shear 
rength. The thrust-block moraines studied by 

r ::zsimons are adjacent to ice-marginal lakes, and he 
iigued that they formed by the proglacial thrusting of 
-'.frozen lake bottom sediments. Lake floors in the 
Dry Valleys can remain unfrozen below surface ice 
. ver, and Fitzsimons argued that when glaciers 
-ivanced into wet-based lakes, ice and debris were 
: ;>zen on to the glacier sole, and thrust upward at the 
'.argin (Section 11.3.1.2). The presence of the lakes, 
'.erefore, appears to have created rare conditions 

. nducive to thrusting in this extremely cold, arid 
environment.

The extreme aridity of polar desert environments 
\eans that glacial landforms undergo very little 

modification after deglaciation. Strong katabatic
- inds winnow out finer material and shape surface 
. .asts into faceted forms or ventifacts, but otherwise

:  g. 12.12 Moraine sequence formed at the margin o f the 
Taylor Glacier, Dry Valleys, Antarctica. (Photo courtesy of 
13 E. Sugden)

there is little paraglacial activity. Denton et al. (1993) 
have presented convincing evidence that the Dry 
Valleys region is essentially a fossil landscape in 
which Pliocene and even Miocene landforms are pre
served virtually intact. For example, sequences of 
small recessional moraines near the margin of the 
Taylor Glacier record minor glacier fluctuations over 
the past 2.2 million years, and some surface till units 
in the area pre-date volcanic ashes deposited 4.4 mil
lion years ago (Marchant et al.. 1993b). The preser
vation of such forms shows that the Dry Valleys have 
experienced a cold, arid climate since at least the late 
Miocene, and indicates that the Antarctic ice sheet is 
very unlikely to have melted during the Pliocene 
(Denton et al., 1993; Section 1.7.1).

12.3.4 Surging glaciers
Glacier surge cycles (Section 4.8) produce very dis
tinctive suites of landforms and sediments, owing to 
a potent combination of erosional, deformational and 
depositional processes (Sharp, 1985b. 1988b). The 
debris content of the margins of surging glaciers is 
typically very high, for several reasons. First, rapid 
sliding and the widespread development of cavities at 
the glacier bed is conducive to high rates of abrasion 
and quarrying (Clapperton, 1975; Flumphrey and 
Raymond, 1994; Sharp et al., 1994; Ffallet et al., 
1996). Data from the 1982/83 surge of Variegated 
Glacier, Alaska, indicate that subglacial erosion rates 
during surges are among the highest in the world 
(Sections 5.3.3 and 5.3.6). In contrast, erosion rates 
during quiescent phases are likely to be very low, 
because of the low sliding rates. Second, severe com- 
pressional deformation at the advancing snouts of 
surging glaciers results in extensive thrust faulting 
and folding, which thickens and elevates basal ice 
sequences (Section 5.4.4; Clapperton, 1975; Sharp et 
al., 1988, 1994). Near the snout, basal debris is com
monly elevated to the glacier surface, forming a zone 
of debris-mantled ice which expands upglacier when 
the glacier ablates. Third, the wastage of debris-man- 
tied ice during the quiescent period of a surge cycle 
produces extensive areas of ice-cored moraines, 
which may be overridden and reincorporated into the 
glacier during the next surge (Raymond et al., 1987). 
In this case, the supraglacial debris mantle produced 
by one surge forms part of the englacial debris load 
of the next.

Surging glaciers also tend to be associated with 
widespread subglacial and proglacial glacitectonic 
deformation. Where the glacier bed is composed of 
till or other unconsolidated sediment, high pore- 
water pressures during surges encourage subsole 
deformation, transporting weak, dilatant sediment 
towards the snout (Clarke et al., 1984a; Clarke, 
1987c; Richards, 1988). Near the margin, stresses
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transmitted to proglacial sediments commonly result 
in extensive tectonic thrusting, particularly if the sub
stratum has been weakened by high porewater pres
sures (Croot, 1988b, c). In addition, large discharges 
of meltwater and sediment associated with glacier 
surges are responsible for major changes in deposi
tion rates in proglacial lakes and sandar (Humphrey 
et al., 1986; N.D. Smith, 1990; Humphrey and Ray
mond, 1994).

The spatial distribution of sediments and land
forms produced during a glacier surge cycle has been 
studied by Sharp (1985b) at Eyjabakkajokull, Ice
land. Five landscape elements were identified (Fig. 
12.13):

1. The maximum limit of the surge is delimited by 
composite thrust-block moraines formed by glaci- 
tectonic deformation of the glacier foreland (see 
Section 11.3.1.2).

2. Excavational basins occur within the surge limit 
reflecting submarginal erosion, possibly associ
ated with thrust moraine formation.

3. Fluted moraines and crevasse-fill ridges, com
posed of deformation till, are exposed over large 
areas of the former glacier bed. The flutings 
record deformation of the bed during the surge 
phase (Section 11.2.3), whereas the crevasse-fill 
ridges were produced at the termination of the 
surge, when the weak till beneath the glacier was 
compacted and forced under pressure into basal 
crevasses (Section 11.2.8).

4. Areas of chaotic hummocky moraine blanket the 
ice-proximal flanks of thrust-block moraines and 
parts of the former glacier bed. The hummocky 
moraine is formed by the reworking of 
supraglacial debris following the surge, when the 
glacier snout stagnates. This supraglacial debris is 
derived from englacial debris bands and medial 
moraines. Controlled moraine formation may 
reflect englacial debris distribution or the infill
ings of supraglacial crevasses with debris flows or 
glacifluvial sediments.

5. Sandur surfaces blanket parts of all the above ele
ments, and occupy fluvially eroded gaps in thrust- 
block moraines and hummocky moraines.

These five elements record deposition and deforma
tion during a rapid glacier advance-retreat cycle 
(Fig. 12.14). During the advance (surge) phase, rapid 
sliding and subsole deformation of a well-lubricated 
bed produces fluted tills, and glacitectonic processes 
close to the snout result in excavation below the mar
gin and proglacial thrust moraine formation. At the 
termination of the surge, crevasse-fill ridges formed 
at the bed, then hummocky moraine and outwash 
were deposited during glacier recession in the quies
cent phase. Sham (1985b) su22ested that this assem-

(a)

(b)

Fig. 12.13 Landform associations formed during the ' : r  
surge of Eyjabakkajokull, Iceland: (a) aerial photogr;:*  
(1993) of the snout and foreland of Eyjabakkajokull shov, - ;  
concertina esker, crevasse-fill ridges, thrust-block mora - -  
excavational basin, and flutings produced during surge:- :• 
the glacier margin (aerial photograph provided by L a ':  
maelingar Islands); (b) geomorphological map shov. - :  
former glacier margins and surge-related landform asse- 
blages. A, sandur; B, fluted till w ith crevasse-squeeze ridge 
C, chaotic hummocks; D, medial moraine; E, thrust ridge : 
lobate thrust ridge. (From Sharp, 1985b. Reproduced : 
permission of the University of Washington)
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r «g. 12.14 Schematic model for the evolution of the sedi- 
-^n t-lan d fo rm  associations at the margins o f Eyjabakka- 
:*:ull: (a) immediately after a surge; (b) early quiescent 

:'=se; (c) late quiescent phase. 1: Lobate complexes of 
:ges formed by gravity spreading of peats and silts; 2: 
:ges of glacitectonically thrust peats and silts; 3: normal 
J ts  in sands and gravels in the core of the main ridge; 4: 

.a:er escape structures; 5: outwash gravels; 6: ridge of 
^edimented diamictons; 7: englacial debris bands raised 

~ : t i  the bed along thrust faults; 8: debris dykes on the 
: ; : ie r  surface; 9: sediment gravity flows; 10: subglacial 
:ige m e n t till; 11: crevasse-fill ridges; 12: formation of 
-C'aised marginal rim of debris-covered ice by differential 
: :  ation; 13: chaotic hummocky ice-cored topography; 14: 
"evasse-fill ridges on fluted lodgement till surface; 15: 

'  -ted lodgement till surface. (From Sharp, 1985b. Reprinted 
: aermission of University of Washington)

'  .ige of landforms may assist in the recognition of 
'-^aeosurges in the geologic record. Croot (1988c) 
iigued that composite thrust ridges in Svalbard are 
exclusively developed in front of surging glaciers,
i though not all surging glaciers produce such ridges, 
because other preconditions are not satisfied. He sug
gested that, if such an association were to be shown 

: other areas, the presence of composite ridge sys- 
ems could be used as a key indicator of former surg- 
■; glaciers. However, it is now known that composite 
rust ridges are formed in front of many non-surging 
^ciers, including some in Svalbard (Etzelmiiller 
al., 1996). Thrust ridges and associated areas of 

-mmocky moraine form where deformable pro- 
icial materials are subjected to large compressional 

■jesses, and although these conditions are met in 
rront of many surging glaciers, they are also com- 
~ ^nplace in subpolar and polar-continental environ- 
~ents (Sections 12.3.2 and 12.3.3; Kalin, 1971; 
Klassen, 1982; D.J.A. Evans, 1989a; D.J.A. Evans

and England, 1991; Lehmann, 1992; Fitzsimons, 
1996).

Sharp (1985a) considered that crevasse-fill ridges 
may be particularly diagnostic of former surges. 
Basal crevasse-squeeze ridges are certainly indica
tive of wet-based conditions close to the margin, 
which usefully allows the landforms left by surging 
glaciers to be differentiated from those of subpolar 
glaciers. Unfortunately, crevasse-squeeze ridges 
have low preservation potential, and are difficult to 
identify in ancient landsystems (Section 11.2.8). 
Another type of landform associated with surging 
glaciers has been described by Knudsen (1995), who 
identified concertina eskers on the foreland of the 
surging glacier Bruarjokull in Iceland (Fig. 12.15). 
These landforms originated as ordinary eskers, but 
have undergone shortening and crumpling in the 
downglacier direction as the result of compressive 
deformation of the glacier snout during a surge. Con
certina eskers may provide strong evidence for for
mer surges, particularly if they occur within the type 
of landsystem described by Sharp (1985b). To date, 
however, none have been recognized in Pleistocene 
glacial landscapes.

The geomorphological imprints of recent glacier 
surges have been identified off the coast of Svalbard 
from side-scan sonographs (Solheim and Pfirman, 
1985; Solheim, 1986, 1991). Within the glacier lim
its, submerged landforms exhibit a zonation similar 
to that described by Sharp (1985b) for terrestrial 
environments. An outer push or thrust moraine lies 
distal to numerous subglacial crevasse-fill ridges. 
Beyond the outer moraine, iceberg furrows criss
cross the sea floor, recording the passage of icebergs 
calved from the surge front.

12.3.5 The southern margin of the 
Laurentide ice sheet
Ice-marginal and supraglacial landforms deposited by 
the Pleistocene ice sheets can yield very detailed 
information on ice dynamics over a glacial cycle. A 
large number of glacial chronologies have been 
proposed for the ice sheets, and recent references 
can be found in Ehlers (1983b), Ruddiman and 
Wright (1987), Fulton (1989), Ehlers etal. (1991), and 
Clark and Lea (1992). In this section, we describe 
some of the landsystems associated with the maxi
mum position and retreat of the southern margin of 
the Wisconsinan Laurentide ice sheet, focusing on 
the possible implications for former ice dynamics 
and basal thermal regime.

In the Prairie areas of Alberta, Saskatchewan and 
North Dakota, ice-marginal and supraglacial 
landsystems commonly consist of large glacitectonic 
thrust moraine systems passing proximally into wide 
belts of hummocky moraine (Fig. 12.16: Clayton and
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Moran, 1974; Moran et al., 1980; Rampton, 1982; 
Clayton et al., 1985). The hummocky moraine has 
been attributed to the melt-out and reworking of 
englacial debris sequences which were elevated from 
the glacier bed by compressive deformation and/or 
net adfreezing near the margin (Section 5.4). This 
interpretation is compatible with the evidence for 
proglacial thrusting, and suggests that this part of the

Fig. 12.15 Concertina eskers, Bruarjokull, Iceland, г 
Transport paths of formerly sinuous eskers to their prese'- 
positions as concertina eskers by the 1963/64 surge. : 
Concertina esker A and associated crevasse-fill ridges a-: 
flutings. (From Knudsen, 1995. Reprinted by permission 
Elsevier) (c) Aerial photograph (1993) of part of the snc_- 
and foreland of Bruarjokull showing concertina esker 
crevasse-fill ridges, which can be traced on to the ice m=- 
gin, small push moraines, and flutings produced dur-: 
surging. (Aerial photograph provided by Landmaelinc; 
Islands)

ice sheet margin was characterized by glacitecton., 
activity during readvances or standstills, and locu- 
ized stagnation of debris-mantled ice during ret re.:' 
Some mounds and hummocks may be extrusic 
moraines, formed by the upwelling of pressurizes 
meltwater from confined aquifers (Fig. 12.16; Bou.- 
ton and Caban, 1995).

The presence of thrust blocks and hummock 
moraines on the prairies has been interpreted as e\ 
dence that this part of the Laurentide ice sheet hac 
subpolar margins, consisting of cold-based oute- 
zones and a warm-based interior (Section 12.3.1 
Boulton, 1972a; Moran et al., 1980; Ramptor. 
1982). Frozen glacier margins are likely to ha\c 
developed in this area, as a result of low air temper
atures and widespread permafrost in the norther- 
prairies at the last glacial maximum. Some belts с: 
hummocky moraine occur where the ice sheer- 
advanced against topographic obstacles such 
escarpments, where compressive flow is likely :: 
have encouraged transportation of debris to the ice

0 100 200 m
TRANSPORT PATHS OF CONCERTINA ESKERS

I960 ice margin 
1964 ice margin 
1890 surge moraine

5  original buildup site of sinuous esker 
concertina esker, 

deposited by the 1963-1964 surge

-*■~ 1964 s u rge  m ora ine  
°  r 1982 ice m arg in  
J  e s k e r

c o n c e r t i n a  e sk e r  
ч -г  c rcvasse  fills 

f l u t e s
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: g. 12.16 The thrust block moraine (T) of the Dirt Hills, 
:;;<atchewan, Canada. This view shows that numerous 

~med depressions (E; possible extrusion moraines) occur 
the ice-proximal flanks of the thrust blocks. Scale bar 

i ; resents 1 km. (Aerial photograph reproduced by permis- 
:n of the Department of Energy, Mines and Resources, 

Zsnada)

—-face (Straw, 1968; Worsley, 1969; N. Eyles and 
!enzies, 1983; Paul, 1983; Sharpe, 1988b; Fig.
1.17). In western Canada, for example, part of the 

-xithern margin of the Laurentide ice sheet is 
■' .irked by a belt of hummocky moraine up to several 
' -ndred kilometres wide, and Paul (1983) suggested 
~.at this moraine belt was initiated by compressive 
~ '.v against the Missouri Coteau and Manitoba and 
■Missouri escarpments. Once a wide, stagnating ice 
:eet margin is produced by flow against the escarp

ments, it forms an obstacle to ice advance, initiating 
.: mpressive flow even further upglacier; debris is 
_.en transported to the glacier surface over a wider 

~*ea and the width of the stagnating ice margin 
-.creases, forming hummocky moraine in time- 
“insgressive increments.

Mooers (1990b) has argued that the basal thermal
- dme of the Laurentide ice sheet margins may have 
_ned over comparatively short distances. His con- 

. usions were based upon studies of the former Rainy 
md Superior lobes in Minnesota, USA, which both 
,:;vanced to the St Croix moraine during the last 
■Visconsinan) glaciation but were responsible for 

-^during different landform-sediment associations 
Fig. 12.18). The portion of the St Croix moraine 
:-‘posited by the Rainy Lobe comprises large 
7~ ̂ glacial outwash plains, glacially thrust masses, 
ind chaotic hummocky moraine and kames, but lacks

streamlined (drumlin) forms and features associated 
with subglacial meltwater. Recessional margins are 
marked by similar landform-sediment associations 
but thrust masses are more common. In contrast, the 
Superior Lobe was responsible for depositing closely 
spaced recessional ridges with sparse hummocky 
moraine and kames. In addition, drumlins and sub
glacial drainage features are abundant, and in places 
the recessional positions are marked by the termina
tion of eskers and tunnel valleys as proglacial out
wash fans. On the basis of this evidence, Mooers 
suggested that the two lobes had different subglacial 
thermal regimes during their retreat. He argued that 
both lobes had frozen outer zones when the ice sheet 
stood at its maximum position, resulting in the eleva
tion of basal debris and hummocky moraine forma
tion. In the case of the Rainy Lobe, the frozen zone 
appears to have persisted during deglaciation, pro
ducing wide hummocky moraine belts and ubiqui
tous thrust masses, and discouraging the formation of 
drumlins and subglacial meltwater features. Mooers 
argued that meltwater could not penetrate to the glac
ier bed, but drained from the ice surface to produce 
outwash fans at the ice margin. In contrast, the mar
gin of the Superior Lobe appears to have switched 
from a cold-based to a temperate condition during 
retreat, allowing surface meltwater to reach the bed 
and forming eskers and tunnel valleys. The presence 
of drumlins and the limited distribution of hum
mocky moraine also appear to indicate wet-based 
conditions.

The association of proglacially thrust ridges and 
hummocky moraine is characteristic of many modem 
surging glaciers (Section 12.3.4), and some resea
rchers have suggested that surges may have affected 
the southern margin of the Laurentide ice sheet in the 
Prairie and Great Lakes regions (e.g. Wright, 1973; 
Clayton et al., 1985; P.U. Clark. 1994). Two main 
lines of evidence support this interpretation. First, 
where the ice sheet was underlain by fine-grained 
sedimentary rocks and sediments, the ice margin was 
divided into numerous low-gradient ice lobes (Fig. 
12.19; Clayton et al., 1985; Fisher et al., 1985). Low 
ice margin gradients are characteristic of glaciers 
with weak, well-lubricated beds, conditions which 
are typical of surging glaciers but not subpolar mar
gins. Interestingly, during the later stages of degla
ciation when the ice sheet had pulled back to areas 
underlain by hard rocks or sandy sediment, the ice 
margin was less broken up into lobes, which suggests 
that possible surging behaviour was linked to the 
presence of deformable sediment (P.U. Clark, 1994). 
Second, detailed radiocarbon dating evidence indi
cates that individual lobes, such as the Lake Michi
gan, Des Moines, Huron-Erie and Erie-Ontario 
lobes, underwent rapid advance and retreat cycles, 
perhaps indicative of surging behaviour. The possi-
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Fig. 12.17 Preferential substrate erosion by glace' 
impinging on escarpments, (a) Material excavated from t*? 
escarpment is transported to the glacier surface by cor- 
pressive flow. This leads to the production of promire' 
belts of hummocky moraine during later ice stagnation. : 
The puncturing of the Niagara Escarpment, Onta' : 
Canada, by ice to produce through valleys or small troug-- 
blanketed by moraine, (c) The southward displacement 
the chalk escarpment in England by glacial erosion. (Ft - 
N. Eyles and Menzies, 1983. Reprinted by permissior :* 
Pergamon)

bility that parts of the Laurentide ice sheet were 
prone to surging has important implications for ice 
sheet stability and global climate change, and 
remains a very important topic for future research 
(MacAyeal, 1993b; P.U. Clark, 1994; Marshall et al., 
1996).

The south-eastern margin of the Wisconsinan 
Laurentide ice sheet is marked by a series of end 
moraines on Long Island, Cape Cod and surrounding 
islands. These are predominantly proglacial glacitec- 
tonic ridges composed of imbricate, thrust slices of 
glacilacustrine and glacifluvial sediment (Mills and 
Wells, 1974; Sirkin, 1982; Oldale, 1982; Oldale and 
O'Hara. 1984). Several generations of thrust ridges 
.ire present, recording oscillation of the ice sheet 
ir.argin. It is unclear whether permafrost existed in

the area during the formation of the moraine . 
although Oldale and O ’Hara (1984) believed that th. 
thrusting of coherent masses of loose sand and gra- d 
would have been facilitated if the ground was froze' 
Recession of the ice sheet produced abundant ice- 
contact glacifluvial and glacilacustrine landfom 
including kame and kettle topography, eskers ar_ 
pitted sandar (Goldsmith, 1982; Oldale, 1982; Gl 
tavson and Boothroyd, 1987). According to Kote" 
(1974) and Koteff and Pessl (1981), this sedime-: 
was elevated to the former glacier surface alor.: 
englacial shear planes, whereupon it was redepo- 
ited by glacifluvial processes in a glacial karst en-. 
ronment. The elevation of basal debris by shearir _ 
was referred to as the ‘dirt machine’ , and is charac
teristic of subpolar margins (Section 12.3.2). More
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18 Conceptual models of spatial and temporal vari- 
n glacial landform development based upon evi- 

; *'om central Minnesota and documenting glaciation
•  "* ; ^ainy and Superior lobes of the southern Laurentide
•  ~eet. (A) Conditions varied little during ice recession.

1 •vas an area of debris-covered ice, because of thrust- 
•s zf subglacial sediments. Zone 2 was an area of basal 
^  —: ~g-on of sediment and Zone 3 was the thawed bed
■ = 3) Suites of landforms suggest pronounced variations
•  • :'orm development during ice recession. Zone 4 was 

^-marginal area with a sediment cover of variable
he -ess. A frozen toe was present at the maximum limit 

_-:ssnt during recession. Zone 5 was an area of tunnel 
and esker formation, while drumlins were forming in 

-  т 6 . (From Mooers, 1990b. Reprinted by permission of 
Ф *  3-eological Society of America)

p-c'/.ly, Gustavson and Boothroyd (1987) have 
■7 -od that the temperate margin of the Malaspina 
С .. er. southern Alaska, provides a better analogue 
Ш- -ieistocene depositional conditions in New Eng-
- - Pressurized water flowing in englacial conduits
* .-Table of transporting large quantities of sedi-

and forms extensive supraglacial debris man- 
Ш n some temperate glaciers (Section 12.3.1). 
A - . rding to Gustavson and Boothroyd, this mecha-
*  provides a more plausible explanation for the 
к •• -glacial landsystems of New England than the

• r . -rial shearing proposed in the ‘dirt machine’
*  :* ‘.r.ssis, strongly suggesting that the south-east

of the Wisconsinan Laurentide ice sheet 
ш-п temperate during the early stages of deglacia- 
a  a. Climatic conditions are certainly likely to have

been milder in this area than in the Prairies, because 
of the proximity of the Atlantic Ocean, which would 
have provided a source of heat to the atmosphere in 
winter.

The distribution and character of ice-marginal, 
submarginal and supraglacial landsystems in North 
America also reflect temporal changes in ice dynam
ics during deglaciation. As noted above, moraine sys
tems on the Prairies and in the Great Lakes region 
record highly dynamic ice margins which deposited 
and reworked large quantities of sediment during 
multiple advance and retreat cycles. When the ice 
sheet retreated northwards on to the hard substrate of 
the Canadian Shield, it continued to retreat actively, 
and deposited overlapping concentric moraines and 
short, discontinuous eskers (Shilts et al., 1987; Fig. 
12.20; Zone B). In many places, these moraines were 
deposited in proglacial lakes ponded against the ice 
margin (e.g. Glacial Lake Agassiz; Section 1.7.2.5; 
Teller, 1987). In the later stages of deglaciation, 
recessional moraines were deposited further apart, 
and extensive, well-integrated esker networks indi
cate regional downwasting (Fig. 12.20: Zone A). The 
transition from active retreat to more rapid deglacia
tion probably reflects climatic change, but may be 
due in part to destabilization of the ice margins as 
they retreated into deepening proglacial lakes (Sec
tion 12.5.4).

12.4 ICE SHEET BEDS

The supraglacial and ice-marginal landsystems dis
cussed in the foregoing section provide a record of 
environmental change during deglaciation, but for a 
direct record of ice sheet buildup and occupancy 
we must look to former glacier beds. Large parts of 
the areas occupied by the former Pleistocene ice 
sheets are, in effect, fossil glacier beds, providing a 
window on to subglacial processes and environ
ments which are only poorly known from modern 
examples. Recently, large-scale studies of former 
glacier beds have shown that the great ice sheets 
were highly dynamic entities with complex histo
ries of advance and retreat, ice-divide migration 
and internal dynamics, and that they shifted their 
configuration to adapt to climatic change, the posi
tion and depth of proglacial water bodies, and basal 
conditions (e.g. Dyke and Prest, 1987; Boulton and 
Clark, 1990a, b; C.D. Clark, 1993, 1994). In this 
section, we discuss some of the techniques used to 
unravel the geologic record of former glacier beds, 
then examine the types of subglacial landsystem 
associated with hard rock and deformable beds. We 
then go on to examine regional distributions of 
subglacial landforms and associated sediment dis-
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Fig. 12.19 Recessional ice- 
margin positions of tf-r 
Laurentide ice sheet 
the Prairie region, No1-- 
America, reconstructs: 
from landform evidence 
(From Clayton et al., 19E: 
Reproduced by permiss : - 
of Scandinavian Univers- 
Press)

persal patterns, and their implications for ice sheet 
dynamics.

12.4.1 Kineto-stratigraphy
Large-scale patterns of ice flow and subglacial con
ditions may be preserved in the geologic record in 
the form of distinct till units, glacitectonic deforma
tions, subglacial bedforms and surfaces of erosion or 
non-deposition. Assemblages of subglacial deposits 
and landforms created during the advance and 
retreat of an ice sheet are typically exceedingly 
complex, and often defy analysis by the traditional 
methods of sedimentary stratigraphy. In areas with 
soft substrata, major glacitectonic dislocations, 
responsible for features such as megablocks and 
rafts (Section 11.3.1.4), can provide considerable 
problems for stratigraphers and mineral prospectors 
(Christiansen and Whitaker, 1976; Sauer, 1978; 
Aber et al., 1989). Furthermore, the products of sev
eral glacial advances may be superimposed, and 
glacitectonic dislocation and subglacial deformation 
often rework all or part of any pre-existing glacial

and non-glacial strata. Because of partial erosion - 
patchy deposition, tills relating to any one glaciat: * 
can be discontinuous, so that individual events are 
recognizable only through the type, style and orie- 
tation of glacitectonic structures. As a result, ne * 
methods of analysis have been developed by glac... 
geologists to help them unravel the ice sheet recor, 

Before we discuss such methods, it is useful to со - 
sider theoretical patterns of subglacial deposition an: 
erosion created during an ice sheet advance and retre.: 
cycle. A  helpful overview has been provided by Bo_ 
ton (1996a), who modelled debris transport below . 
simple ice sheet by assuming that debris transp. - 
occurs entirely by subsole deformation at rates seal;; 
to the balance velocity of the ice sheet. This is clear . 
highly simplified, and does not deal explicitly w. - 
other important subglacial processes such as the er 
sion of hard substrata, the entrainment of debris ir ' 
basal ice layers, and deposition by lodgement and me - 
out. However, the model does provide interestir: 
insights into large-scale time-transgressive pattern' f 
erosion and deposition, which can act as a basis f  r 
examining more complex cases.
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: : 12.20 Glacial geomorphological zones on the southern Canadian Shield. Zone A contains widely spaced end moraines 
sr j  well-integrated esker systems produced by regional downwasting, and Zone В contains overlapping concentric moraines 
:га short, discontinuous eskers produced during ice-marginal surging into'proglacial lakes. Note the highlighting of indi-
■ : jal glacier lobes by interlobate and terminal moraines. (Reprinted by permission of the Geological Society of America)

Results of a typical model run are shown in a 
В e space diagram in Fig. 12.21. The ice sheet is 
' ::ated at a nucleation point at time (t) = 0, and 

D rands to the north and south, reaching its maxi- 
r _m 12,000 years after inception. It then contracts 
' ' the area where it first developed, finally vanish- 

at t - 24,000 years. The model predicts that there
■ 1 be an outer zone of deposition near the ice sheet 
r _rgin and an inner zone of erosion, although there
* : be no erosion below the ice divide, where the 
'.  лпсе velocity is zero. The history of deposition 
. ■ - erosion at any given site reflects the migration of 
■. depositional and erosional zones during ice sheet 

^nce and retreat. At each site, deposition will

occur during ice sheet advance. The resulting till will 
be removed from most sites by the subsequent ero
sion phase, although it will be preserved near the ice 
sheet limit. As the ice sheet retreats, the zone of 
deposition passes over each site in turn, depositing a 
retreat-phase till. After final deglaciation, the overall 
pattern of deposition and erosion comprises four 
major zones:

• Zone 1. The ice-divide zone, with slight erosion 
owing to ice-divide migration and a thin till 
deposited during the retreat phase (sites E and F).

• Zone 2. A  zone of strong erosion, in which the 
advance-phase till and part of the preglacial sub-
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Fig. 12.21 (a) Time-distance 
diagram showing modelled 
shifting patterns of sub
glacial erosion and deposi
tion associated with the 
growth and decay of an ice 
sheet. Graphs А-I represent 
deposition and erosion at 
selected locations, (b) Resul
tant pattern of deposition 
and erosion at the end of the 
glacial cycle. (From Boulton, 
1996a. Reprinted by permis
sion of the International 
Glaciological Society)

stratum are removed. The erosion surface is 
capped by the retreat-phase till (sites В, C, D, G 
and H).

• Zone 3. A zone where both advance and retreat- 
phase tills are preserved, but with an intervening 
erosion surface. Some of the advance-phase till 
has been removed, but erosion was insufficient to 
bite down into the preglacial surface (sites A and
I) .

• Zone 4. A zone of continuous till deposition and 
no erosion. This zone occurs only very close to the 
ice sheet limit.

More complex stratigraphies will result from oscilla
tions of the ice margin and the migration of different 
basal thermal regimes (Boulton, 1996a, b). Below 
real ice sheets, patterns of erosion and deposition are 
also strongly influenced by lateral variations in flow 
conditions, such as the presence of ice streams or 
variations in substrate geology and drainage. Never
theless, Fig. 12.21 does highlight the fact that sub
glacial till units are time-transgressive deposits, and 
do not represent a ‘snapshot’ of conditions at an 
instant in time.

Berthelsen (1973,1978) developed a powerful geo
logical approach to the study of time-transgressive 
subglacial sequences. The approach is known as 
kineto-strcitigraphy, and focuses on the structural 
record of subglacial environments in much the 
same way as event stratigraphy is used by structural 
geologists to study the evolution of orogenic belts. 
This approach subdivides subglacial sequences into 
kineto-stratigraphic units, defined as sedimentary 
units 'deposited by an ice sheet or stream possessing 
a characteristic pattern and direction of movement’ 
(Berthelsen, 1973). Individual units are therefore 
grouped according to their directional elements, such 
as fabrics, folds and faults (Fig. 12.22). The lower 
limit of a kineto-stratigraphic unit is defined as the 
lower boundary of the sediments deposited by the ice 
flow event, or the lower limit of associated penetra
tive and intense subglacial deformation. Thus, 
kineto-stratigraphic units may consist of basal tills 
and underlying penetrative glacitectonite (Sections 
10.3.3 and 10.3.4: Banham, 1977; Berthelsen, 1978; 
Pedersen, 1989: Benn and Evans, 1996). Ice flow 
events may also cause non-penetrative deformation 
of older strata; such disturbance is termed extra-



X

А В С
*

А В

Fig. 12.22 Hypothetical kineto-sfa: - 
graphic units at three sites (A, В and С - A: 
site A, three units are preserved, record "g 
ice flow from the north (unit 1), north
east (unit 2) and south-east (unit 3). At site 
B, unit 1 is missing; unit 2 has been ero- 
sionally truncated and is represented by 
penetrative deformation structures which 
are unrelated to the overlying unit 3. At 
site C, unit 2 is missing and there is a major 
erosional hiatus at the top of unit 1. In 
some cases, it is possible to infer 'missing' 
kineto-stratigraphic units from surviving 
extra-domainal deformation structures. 
(Redrawn from Berthelsen, 1978)

dom ainal deform ation , and does not form part of the 
overlying kineto-stratigraphic unit. Deformation of 
sediment within kineto-stratigraphic units is referred 
to as dom ainal deformation.

Multiple kineto-stratigraphic units, defined on the 
basis of their directional elements, could be formed 
within a single glacier advance-retreat cycle. For 
example, two units could be formed by the advance 
and retreat of an ice sheet with an intervening period 
of erosion (Fig. 12.21; Boulton, 1996a, b). Alterna
tively, multiple units could be formed as a result of 
changes in ice flow caused by ice-divide migration or 
internal reorganization of flow. Using the terminol
ogy introduced in Section 12.2.2, the sediments 
formed below an ice sheet during a whole glacial 
cycle comprise a subglacial systems tract, whereas 
the component kineto-stratigraphic units record 
dynamic events within the cycle.

Kineto-stratigraphy and similar approaches and 
methods have been adopted by many researchers 
(e.g. Aber, 1979; N. Eyles et al., 1982b; Houmark- 
Nielsen, 1987, 1988; Albino and Dreimanis, 1988; 
Hicock, 1992; Pedersen, 1993; D.J.A. Evans, 1994; 
Hicock and Fuller, 1995). When combined with the 
study of contemporaneous erosional surfaces, bed- 
forms and extra-domainal deformation, kineto- 
stratigraphy and related methods provide very 
powerful tools for unravelling the dynamic history of 
ice sheets.

12.4.2 Subglacial landsystems
12.4.2.1 HARD BEDS

At the scale of continental ice sheets, areas charac
terized by ‘hard’ and ‘soft’ beds tend to occur in geo
graphically distinct areas. Former hard beds exist in 
shield terrain, or ancient continental crust, where the 
predominant rock types are complexly structured

igneous and metamorphic rocks, mostly of Precam- 
brian age (Eyles, 1983c). Examples of shield areas 
are the Canadian and Scandinavian Shields and the 
Lewisian basement of north-west Scotland. Sub
glacial deposits in such areas tend to be thin and 
patchy, overlying landscapes of areal scour or the 
floors of troughs in bedrock-drift complexes (N. 
Eyles, 1983c; Fig. 12.23; see Sections 9.5.1 and 
9.5.2). Sediment cover is thickest between bedrock 
highs, and is commonly streamlined at a wide range 
of scales, forming flutings, megaflutings, mega-scale 
lineations and rock-cored drumlins (Sections 11.2.3 
and 11.2.4). Lee-side cavity fills may occur on the 
down-ice side of bed protrusions (Section 11.2.7; 
Hillefors, 1973). Cavity fills are most likely to form 
during glacier retreat, when ice is thin, overburden 
pressures are low and abundant meltwater is avail
able, leading to the opening of water-filled cavities at 
the bed.

Subglacially streamlined forms such as megaflut
ings and drumlins commonly record the last 
(deglacial) ice flow directions, although earlier ice 
flow directions may be recorded in some areas where 
older lineations were not obliterated by deglacial 
flow. Rogen moraine occurs almost exclusively in 
shield terrains (Bouchard, 1989). This association 
has been attributed by Bouchard to the irregular 
bedrock topography in such areas, which, he argued, 
would encourage local shearing and thickening of 
debris-rich basal ice. Alternatively, Rogen moraine in 
shield areas may represent older streamlined forms 
which have been partially modified following a shift 
in the ice divide position (Section 11.2.5; Boulton, 
1987; Boulton and Clark, 1990a, b; Clark, 1994). 
Cross-cutting lineations provide valuable evidence of 
ice sheet dynamics, and are discussed in detail in 
Section 12.4.4.

Long esker networks are also common in areas of 
hard substrata, where they record late stages of
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Fig. 12.23 The subglacial landsystem in an area of hard substrata: 1, abraded and streamlined rock knobs; 2, basal deb' 
3, lodgement till on low-relief rock surface; 4, lee-side cavity fill; 5, basal melt-out till; 6 , debris melting out at ice surface s ' : 
dumped by gravity on the freshly exposed subglacial surface; 7, subglacial esker with gravel core; 8 , hummocky or kett s : 
outwash surface produced by the melt-out of ice buried by outwash fans; 9, the proglacial stream carries subglacial abras : - 
products. (From N. Eyles, 1983a. Reproduced by permission of Elsevier)

drainage below ablating ice sheets (Shilts et al., 
1987; Aylsworth and Shilts, 1989a, b). Clark and 
Walder (1994) have argued that eskers are character
istic of hard-rock terrains because channelized con
duit flow is possible at the ice-bed interface 
(Sections 3.4.2 and 3.4.6; Walder and Fowler, 1994). 
They suggested that eskers should be rare in areas 
underlain by deformable substrata, where drainage is 
expected to consist of a distributed canal system or 
porewater flow. Clark and Walder presented evidence 
in support of this view by comparing the regional 
distribution of eskers and hard substrata in North 
America and parts of Europe. At a continental scale, 
eskers are more widespread on hard substrata (Fig. 
12.24), although in detail the picture is much more 
complex. Eskers do occur on soft substrata, in some 
cases superimposed on drumlins and other bedforms, 
and it is possible that on both hard and soft beds sub
glacial drainage switched between channelized and 
distributed systems as ice thickness and gradient and 
meltwater supply changed over the course of a 
glacial cycle. However, the work of Clark and Walder 
suggests interesting new directions for the study of 
ice sheet drainage and its relationship with glacier 
bed conditions, and deserves to be followed up in 
detailed local and regional studies.

12.4.2.2 SOFT BEDS

Soft glacier substrata occur in areas underlain by 
weak sedimentary rocks, or where accumulations of 
Quaternary sediments mask hard lithologies. Expan
sive sedimentary bedrock lowlands exist at the mar
gins of the North American and Scandinavian 
shields, which provided an outer zone of potentially 
deformable sediment below the great Pleistocene ice

sheets. In such areas, the subglacial landsystem typ 
cally consists of fluted and drumlinized tem. 
underlain by varying thicknesses of subglacial sec 
ments. Late-stage drainage events may be record;. 
by eskers and/or meltwater channels (Fig. 12.25; N 
Eyles, 1983c; N. Eyles and Menzies, 1983; N. Ev. • 
and C.H. Eyles, 1992). Subglacial sediments m_- 
comprise thin till units perched above older sedime- 
tary successions, as at Breidamerkurjokull, Icelar._ 
where approximately 2 m of fluted deformation t I 
overlies several metres of proglacial gravels a :: 
sands. In many areas occupied by Pleistocene 
sheets, however, the subglacial landsystem may -. 
underlain by tens of metres of vertically stacked su~- 
glacial tills and intervening stratified sediments. I  
units may be laterally continuous for many hundre _ • 
of kilometres, with remarkably uniform sedimen: - 
logical characteristics and lithological compositi : 
(e.g. Perrin et al., 1979; Kemmis, 1981; Holr.
1981). Widespread, uniform till units have be;- 
attributed to efficient debris mixing within basal i.. 
or during repeated entrainment and deposition durir _ 
regelation sliding (Kemmis, 1981; Rappol ar._ 
Stoltenberg, 1985). More recently, however, Boult : 
(1987) and Alley (1991) have argued convincing. 
that such till units represent sediment homogeniz.- 
tion within subglacial deforming layers (see ak: 
Section 10.3.4; Hicock and Dreimanis, 1992a; H. 
and Roberts, 1994; Benn and Evans, 1996). Boult 
(1996b) has shown that extensive till units in v . 
Netherlands are very unlikely to have formed by the 
melt-out of debris-rich ice because: (a) till thk • 
nesses would have required basal ice thicknesses f 
up to 100-200 m, far in excess of anything observe, 
in modern glaciers; (b) such thicknesses of debr 
rich ice would require extremely high freezing rat;
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fie 12.24 The regional distribution of eskers in North America, showing the limit of the Wisconsinan ice sheet (heavy line) 
ш  z the boundary between Canadian Shield rocks and younger sedimentary rocks (lighter line). Note the preferential occur- 
"* ■ ;e of eskers on shield rocks. (From Clark and Walder, 1994. Reproduced by permission of the Geological Society of Amer-
e

- he glacier bed, which is contrary to other evidence
■ _lton et al., 1995); and (c) if thick basal ice 
-iences were present, their exposure at the ice 

r:n would produce huge dump moraines, which 
jr. rot found in the Netherlands. At present, many 
■e _ _rchers favour the view that extensive, massive 
ai - deposited in ‘soft-bed’ regions are deformation 
ri although this interpretation remains to be tested 
tv detailed sedimentological analysis in many areas.

In places, subglacial successions extend down to 
T-. •. head, which may exhibit a range of erosional 
ferns from small-scale striae to large roches mou- 
v  rees (Fig. 12.25; N. Eyles et al., 1982b; N. Eyles, 

-'5e; N. Eyles and Menzies, 1983). Blocks from 
Be bedrock surface may be observed in various 
iLges of removal, the earliest stage sometimes being

represented by blocks surrounded by till squeezed 
into the bounding joints (Broster, 1991; Broster and 
Park, 1993). The efficiency of plucking appears to be 
dictated by bedrock type and the intensity of its 
weathering prior to ice overriding. For example, the 
high concentration of limestone blocks in the Dum- 
mer Moraine, Ontario, Canada, was regarded by 
Shulmeister (1989) as the product of efficient pluck
ing of weathered karst terrain.

Till units may be separated by gradational or ero
sional contacts, clast pavements, or intervening beds 
of sorted sediments. In deformation tills, clast and 
boulder pavements may represent large particles that 
sank to the base of weak dilatant till (Clark and 
Hansel, 1989; Clark, 1991a), or the lower limit of 
excavational deformation beneath a deforming layer
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Fig. 12.25 The subglacial landsystem in an area with a low-relief limestone terrain and where multiple stacked till un :: 
have been deposited during a single glaciation. This subglacial landsystem is draped/reworked by: (I) hummocky kame ar : 
kettle topography; (II) outwash cut into the till surface and comprising stratified sands and gravels; (III) esker deposited di.-- 
ing ice wastage and therefore not truncated by subglacial tills like other channel fills in the subglacial landsystem. The ba;; 
of the subglacial landsystem is characterized by: ( 1 ) striated rock head; (2 ) buried channel/valley with a fill of subglacial san:: 
and gravels and till; (3) glacitectonized rock head, with rock rafts and boulder pavements; (4) lowermost till, comprising loca 
lithologies, which thickens in the lee sides of rock protuberances as lee-side cavity fills; (5) cold-water karst. The sedimert: 
of the subglacial landsystem are characterized by: (a) predominantly preferentially aligned, faceted clasts; (b) crude shea- 
lamination produced by the smearing of soft lithologies (deformation till/glacitectonite); (c) slickensided bedding planes (f s- 
sility) produced by glacitectonic shear; (d) stratified gravels, sands and clays deposited in subglacial cavities, pipes or cana : 
and truncated by overlying tills (the base of each till unit may be fluted) - they constitute lenses which are elongated in tre 
direction of ice flow and typically internally disturbed by folding and faulting due to post-depositional deformation by gla: 
ier/till overriding; (e) folded and sheared-off channel fill; (f) diapiric intrusion of till squeezed up into subglacial cavity; (g 
vertical joints produced by postdepositional pedogenic processes; (h) drumlinized surface of upper till sheet; (i) inter-drur- 
lin depressions filled with postglacial solifluction debris and peat. The horizontal scale may range from 10 m to 10 km arc 
the vertical scale may be 10 cm to 100 m high. (Modified from N. Eyles, 1983a)

(Boulton, 1996a, b; Section 10.3.4). Inter- and intra
till lenses of sorted sediments may represent: (a) the 
infills of former braided canal systems; (b) rafted rem
nants of the glacier substratum; (c) water-lain compo
nents of melt-out till sequences; or (d) proglacial or 
interglacial deposition between glacier advances. 
Stratified intra-till lenses containing primary deposi- 
tional structures, flat upper surfaces and concave-up 
bases are thought to be particularly diagnostic of in 
situ canal fills (Section 11.2.1.2: Clark and Walder. 
1994; D.J.A. Evans et al.. 1995: Benn and Evans. 
1996). The detailed investigation of sorted lenses 
within basal tills remains an important objective for

future research, which could provide much-needec 
information on former subglacial drainage systems 
Inter-till lenses of sorted sediments attributable tv 
episodes of subaerial or subaqueous deposition 
between periods of glacier occupancy have been rec
ognized by many researchers (e.g. W.H. Johnson anc 
Hansel. 1990). The correct identification of such 
proglacial sediments is important because they con
tain information on glacial history, former glacier 
dynamics and climate change, and because misinter
pretation of proglacial components as the infills o: 
subglacial channels or lakes leads to erroneous con
clusions about the former subglacial environment.
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In many localities, stacked till units record flow 
r  .ractions between ice lobes (e.g. N. Eyles et al., 

-lb: Hicock, 1992; Hicock and Fuller, 1995). Near 
l  . junction between two adjacent ice flow units, 
с • inges in relative ice discharges can cause gradual 
■' _brupt shifts in the ice flow direction, as one flow 

: becomes dominant over the other. As a result, 
~ris from different source areas can be transported 

I  :he site, producing marked compositional stratifi- 
Л-'ion in which the lithological composition of till 

varies systematically upsection (Broster, 1986). 
' _ -h compositional changes are commonly paral-
- ed by shifts in the preferred orientation of particle 

i. "ric modes, allowing sequences of ice flow
- ■ mges to be reconstructed in some detail (Section 
12.4.1; Berthelsen, 1973, 1978; N. Eyles et al.,
- >2b). For example, kineto-stratigraphic analysis of

■ successions combined with mapping of ice-mar-
- ".al sediment-landform associations has been used 
j reconstruct the history of the Late Weichselian ice
reet in Denmark (Fig. 12.26; Houmark-Nielsen, 

I -38). In this region, the earliest evidence for Weich- 
elian glaciation consists of a basal till containing 

. rratics from the Scandinavian mountains, and defor- 
'-tion of pre-existing strata towards the south, 
cording ice advance from the north (the Norwegian 

-ivance). Subsequently, deposition of a complex 
_:te of subglacial, ice-marginal and proglacial sedi- 
.ents and widespread glacitectonic deformation was 

-"O ciated  with ice flow from the east and north-east 
re Main Weichselian Advance). Within the limits of 

r:s advance, progressively less extensive till units 
-rd fragmentary moraine belts mark readvances that 
" unctuated ice retreat. Finally, a new generation of 
' .Is and glacitectonic structures record renewed ice
- ivance, this time from the east and south-east (the 
Young Baltic Advance).

Vertical compositional changes can also occur in 
re absence of changes in flow direction. Boulton 
1996b) has shown that till composition reflects the 

duration of glaciation, particularly the length of time 
available to transport debris from distant locations. 
Theory suggests that till composition should be dom
inated by local lithologies near the base and shift to 
predominantly far-travelled lithologies at the top, 
'effecting the passage of successive waves of debris 
rom further and further upglacier. Boulton (1996b) 

applied his sediment transport model to till 
'equences in Illinois described by W.H. Johnson and 
Hansel (1990), and showed that the observed sequ
ence could have been created during a single glacial 
cycle during which progressively more distant debris 
•• as delivered to the marginal zone (Fig. 12.27). Of 
course, this does not prove that the sequence origi- 
r ated in this way, but Boulton’s work is an important 
-:ep in applying glaciological theory to the interpre
tation of complex stratigraphies.

12.4.3 Regional distributions of 
subglacial landforms

Subglacial sediments and landforms exposed by the 
retreat of the great Pleistocene ice sheets commonly 
exhibit systematic spatial patterns, in which different 
types of landforms occur in distinct zones aligned 
parallel or transverse to former ice flow. As we have 
seen in Chapters 5. 10 and 11, several factors influ
ence the formation of subglacial sediments and land
forms, including strength and hydraulic conductivity 
of the bed, basal thermal regime and the availability 
of meltwater, ice velocity, shear stress and effective 
overburden pressure. Thus, landform zonation can be 
viewed as a mosaic produced in a variety of sub
environments beneath the parent ice sheet, either at a 
single moment in time or as a time-transgressive 
palimpsest resulting from ice advance or retreat. 
Elongate, flow-parallel zones may mark the former 
position of flow units such as ice streams and mar
ginal lobes, or meltwater drainage pathways (Section 
11.2.4.2), whereas transverse zones may record 
downflow variations in basal conditions and their 
migration through time.

Ice sheet advance over an area can be recorded by 
distinctive landform-sediment zones, particularly in 
regions underlain by weak rocks or unconsolidated 
sediments. For example, in the northern Great Plains 
of North America, arcuate belts of hummocky ice- 
thrust terrain and excavational basins commonly lie 
at the distal edges of drumlin fields. Some of the 
thrust belts have a subdued, streamlined appearance, 
and contain cupola hills and drumlins with low 
length:width ratios (Fig. 12.28). The excavational 
basins and thrust ridges document glacitectonic dis
turbance near the ice margin, probably encouraged 
by cold-based conditions below the snout (Sections
11.3.1 and 12.3.5: Clayton andMoran, 1974;Bluemle 
and Clayton, 1984: Bluemle et al., 1993), and the 
streamlined terrain and drumlin belts record the sub
sequent advance of wet-based ice over the former 
marginal zone. In regions where subglacial deforma
tion was intense and prolonged, glacitectonized 
thrust masses may lie buried, their upper surfaces 
intensely sheared and incorporated within the sub
glacial deforming layer. The amount of subglacial 
modification commonly decreases down-ice, and 
landform assemblages exhibit a continuum from 
drumlins with high length:width ratios, through 
drumlins with low length: width ratios and cupola 
hills, to largely unmodified thrust masses. Such land
form associations apparently represent progressively 
less effective or short-lived subglacial moulding 
towards the ice limit.

Another example of landform zonation near a for
mer ice limit is illustrated in Fig. 12.29 (Plate 26), 
which shows part of the western side of the Strait of
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Magellan in southernmost South America. The main 
features of the landscape record the expansion of ice 
lobes to the north from high source areas near the 
Pacific coast during the last glaciation (Clapperton 
1989; Porter et al., 1992; Clapperton. et al.. 1996b). 
The ice terminated at a belt of composite thrust 
ridges banked against high ground to the north. The 
outermost ridges are sharp-crested and unmodified.

Fig. 12.26 Reconstructions of successive stages of the 
Weichselian ice sheet in Denmark. (A) Norwegian Advance 
(B) Main Weichselian Advance; (C) Young Baltic Advance. 
Major ice-marginal features; 2: sandur deposits and assoc - 
ated drainage systems; 3: ice flowlines; 4: late-glac'a 
Younger Yoldia Sea. (From Houmark-Nielsen, 1988. Repro
duced by permission of Balkema)

but towards the south there is a wide zone in which 
large numbers of meltwater channels wind between 
upstanding sediment masses with streamlined, drum- 
linized surfaces. Upglacier of this zone is a series o: 
overdeepened basins, then a broad belt of spindle- 
shaped drumlins. Fieldwork in this area suggests tha: 
this assemblage of landform zones resulted from the 
advance of an ice lobe with a cold-based margin anc
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: : 12.27 Schematic diagram showing how the three-part till stratigraphy observed by W.FI. Johnson and Hansel (1990) 
d have originated during a single glacial cycle. (From Boulton, 1996b. Reproduced by permission of the International 

I biological Society)

: g. 12.28 Idealized zonation of glacial landforms and sediments on the prairies of North Dakota. A: Proglacial suite; B: 
-praglacial suite; C: transitional (submarginal) suite; D: subglacial suite, a: Proglacial lake; b: proglacial meltwater channel; 

i i-ibglacial meltwater channel or tunnel valley; d: ice-walled lake plain; e: esker; f: transverse thrust moraines cupola hills, 
: prairie mound; h: flutings; i: transverse recessional moraines; j: hummocky moraine; k: isolated kames. (Modified from 
'a/ton and Moran, 1974)
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a wet-based interior. Thrusting and excavational 
tectonics near the advancing ice margin was followed 
by streamlining below wet-based ice as the glacier 
advanced, and the spindle drumlins were formed in 
the area of longest ice occupancy. The meltwater 
channels are late-stage features documenting submar
ginal and proglacial drainage during deglaciation.

Multiple ice advances introduce considerable 
complexity to subglacial landform-sediment seq
uences. Van der Wateren (1995) proposed a model of 
glacitectonic overprinting associated with ice margin 
oscillations, based upon the identification of five 
structural styles typical of proglacial and subglacial 
environments (Fig. 12.30). Style A represents the 
undeformed foreland, composed of outwash relating 
to the glacial advance; Styles В. С and D represent 
varying degrees of proglacial glacitectonic deforma
tion; and Style E  records subglacial deformation. 
Style E is further subdivided into compressive, or 
constructional, deformation (Ec), and extensional, 
excavational deformation (Ее). Constructional defor
mation is recorded by accretionary deformation tills 
and glacitectonites, and excavational deformation by 
areas of overdeepening, erosion and substrate 
streamlining (see also Sections 5.6, 7.4.3, 9.4.2,
10.3, 11.2.1; Hart et al., 1990; Hart and Boulton, 
1991). Oscillations of the ice margin will produce 
sediment successions in which different structural 
styles are superimposed. A  single advance of the ice 
margin results in the overprinting of styles A  to D by 
style E, whereas ice margin retreat then readvance 
will result in the overprinting of style E by styles B, 
С and D (Fig. 12.31). Such overprinting is implied in 
the deformation model of drumlin formation (Boul
ton, 1987; D.J.A. Evans, 1996), in which drumlins or 
flutings containing partially disturbed sand and 
gravel cores are interpreted as streamlined remnants 
of pre-existing sediment (i.e. E overprints A). The

recognition of structural styles is therefore a pov. 
ful complement to kineto-stratigraphic analysis. ~ 
allows complex ice margin fluctuations to be dedu  ̂_ _ 
from sediments and landforms. Van der Waterer • 
structural model is similar in many ways to trt 
process-form model of continental ice sheet marg - 
developed by Clayton and Moran (1974).

Boyce and Eyles (1991) reported down-:.: 
changes in drumlin morphometry and sedimentol _ * 
in the Peterborough drumlin field south of the Du: - 
mer moraine, Ontario, which they attributed to van. - 
tions in substratum characteristics and duration at 
glaciation (Fig. 12.32). In the northern part of the 
drumlin field, spindle drumlins with length: w ::■■ 
ratios of >6 lie directly on bedrock, in a landsysten 
typical of hard substrata. These grade into less el г - 
gate drumlins towards the south, where ice ovenv л: 
thick accumulations of Late Wisconsinan outwash. 
South of the Oak Ridges moraine, the drumlins 
length: width ratios of < 3 and are composed 
deformation till unconformably overlying thick 
sequences of older, largely undisturbed sediments, h 
the northern rock-floored area, eskers record the 
drainage of meltwater in discrete conduits, where 
eskers are rare or absent in the south, indicating th_: 
meltwater evacuation may have taken place throug 
the deforming substrate. Boyce and Eyles (199 
considered the down-ice variations in drumlin mor
phometry to be a function of decreasing duration 
subglacial deformation towards the ice margin. In th - 
northern part of the area, pre-existing sediment 
thought to have been stripped off by subglacial er - 
sion beneath the ice sheet interior (see Figs 12 
12.20; Boulton, 1996a).

Aylsworth and Shilts (1989a, b) have mapped the 
regional distribution of glacial landforms on the 
Canadian Shield beneath the former Keewatin sect : 
of the Laurentide ice sheet (Fig. 12.33). In this area.

Fig. 12.30 Glacitectonic structural styles A-E: (A) undeformed foreland; (B) Jura-style proglacial folding; (C) low-ang e 
thrust structures; (D) nappe zone; and (E) subglacial zone, comprising compressional (Ec) and erosional (Ее) subzones. (Fro- 
van der Wateren, 1995. Reproduced by permission of Butterworth-Heinemann)
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-g 12.31 Overprinting of structural styles: (upper) 
=: .ance sequence, where style E overprints styles A-D and 
' r  triangle pattern depicts till relating to the ice advance; 

fc: .er) readvance sequence, where styles B-D overprint
■ eE and the black triangle pattern depicts till relating to 

:er advance. (From van der Wateren, 1995. Reproduced
: ■ oermission of Butterworth-Heinemann)

_ _cial landforms are arranged in four broadly con- 
. , 'tric zones around the Keewatin ice divide. Zone 1
- located in the former ice divide area, and is char- 
--'.erized by low-relief hummocky moraine 
.--posited during final wastage of the ice sheet. Zone 
1 consists of Rogen moraine (ribbed moraine), drum-
ns and eskers, and grades distally into Zone 3,

• iich is characterized by dmmlins and eskers. The 
. 'vmlins and eskers of Zone 3 decrease in size and 
'iquency towards Zone 4, which comprises bedrock 
_rfaces with sparse glacial sediment cover.
‘.hough the Keewatin ice divide underwent changes

■ position throughout the last glaciation, the land- 
rm zones provide a clear impression of spatial vari-

,: ms in depositional processes, and their changes 
Trough time. The radial pattern of eskers throughout 
те region clearly records meltwater flow away from 
te ice divide towards the retreating ice margins. 
Lny eskers form integrated dendritic networks with
- -utaries as high as fourth order. The preservation 

such systems suggests that the ice was relatively
■active during the final stages of deglaciation, and 
:at at the time of esker formation much of the ice 
.et surface may have been below the equilibrium 

ne altitude. The Rogen moraine in Zone 2 is 
-ranged in a horseshoe-shaped zone 200-250km 
-: Je around the region of the ice divide, and is rare 
. ^ewhere. Individual fields form trains oriented par- 
. iel to ice flow, and are commonly composed of 
. r̂se, bouldery material. Aylsworth and Shilts sug- 
r-'ted that the Rogen moraine was formed in areas
*  rere bed materials and ice dynamics favoured sub-
- acial thrusting of coherent blocks of entrained 
;ebris. An alternative possibility is that the Rogen

raines were originally streamlined bedforms and

were subsequently partially modified by ice flowing 
from a different direction when the ice divide shifted 
position (Section 11.2.4.4; Boulton, 1987; Clark, 
1993, 1994). The drumlins in Zones 2 and 3 gener
ally record radial flow towards the margins, although 
Clark (1993, 1994) recognized superimposed lin
eations in this area which apparently record realign
ment of flow during deglaciation. Some drumlin 
fields form elongate trains oriented parallel to 
regional ice flow, and contain high concentrations of 
far-travelled debris. The boundaries of these trains of 
drumlinized exotic debris are very sharp, and con
centrations of far-travelled components drop from 
percentages of several tens to zero within a few kilo
metres at the lateral margins. Aylsworth and Shilts 
suggested that these trains were formed beneath ice 
streams or fast-flowing sectors of the ice sheet. 
Drumlins are less common in the region of the divide 
itself, where flow velocities are likely to have been 
very low. The scarcity of depositional landforms in 
Zone 4 probably reflects the lack of sufficient 
unconsolidated sediment in this area of the shield. 
Large-scale patterns of drift lineations, and their imp
lications for ice sheet dynamics, form the subject of 
the following section.

12.4.4 Cross-cutting lineations and ice 
sheet dynamics
Regional mapping of flow-parallel and transverse 
landforms can reveal large-scale patterns of ice sheet 
flow and their changes through time, yielding valu
able information on ice sheet evolution and dynam
ics. Reconstructed flow patterns for ice sheet maxima 
demonstrate that ice sheets were not simple domes 
from which ice spread radially, but rather comprised 
multiple accumulation and dispersal centres (Tyrrell, 
1898a. b. 1913; Shilts et a l, 1979; Shilts, 1980; 
Dyke et al.. 1982b; Boulton et a l, 1985; Punkari, 
1995). Furthermore, it is possible to reconstruct the 
migration of ice divides and the switching of ice 
streams during a glacial cycle by mapping cross
cutting and superimposed subglacial bedforms, 
tracing indicator erratics, and undertaking kineto- 
stratigraphic analysis of exposures (Fig. 12.34; Sec
tions 11.2.1.1 and 11.2.4.4). In other words, the study 
of palimpsest subglacial landsystems on a regional 
scale allows us to view the evolution of the last great 
ice sheets through time (Fig. 1.60 (Plate 9); Dyke and 
Prest, 1987; Boulton and Clark, 1990b). Such studies 
represent the integration of vast amounts of work 
conducted at the local scale, and are a fitting tribute 
to many decades of painstaking observations by field 
geologists.

Superimposed drumlins and megaflutings docu
menting changing ice flow directions have been 
reported by numerous researchers (e.g. Fairchild,
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Fig. 12.32 The variability in drumlin stratigraphy and morphometry (expressed as length:width ratios, L/W) along a 7C <, 
flowline through the Peterborough drumlin field, Ontario, Canada. (From Boyce and Eyles, 1991. Reproduced by permis: : 
of the Geological Society of America)

1929; Hare, 1959; Rose and Letzer, 1977; Mollard, 
1984; Riley, 1987; Rose, 1987b, 1989b; Mitchell, 
1991, 1994). Multiple-limbed drumlins exhibiting 
evidence of more than one ice flow direction have 
been used by Stea and Brown (1989) to reconstruct 
changes in ice divide positions in Nova Scotia, 
Canada, and complex lineation patterns, thought to 
relate to different flow directions at various stages in 
the life cycle of continental ice sheets, have been iden
tified by Synge and Stephens (1960), Vernon (1966),

Prest etal. (1968), Hill (1971), Shilts (1980), Dyke 
al. (1982b), Boulton et al. (1985), D.J.A. E\. 
(1985), and Dyke and Moms (1988). In addition.' 
eral researchers have argued that transitions from о 
subglacial bedform to another record remoulding - 
changing ice flows in response to migrating .. 
divides (Boulton, 1987; Lundqvist, 1989a; Bou.: 
and Clark, 1990a, b; C.D. Clark, 1993, 1994).

Analysis of Landsat satellite images and aeri 
photographs of the area occupied by the Wisconsin.'
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« Ф т  Hummocky moraine

Fig. 12.33 The distribution of glacial landforms in Keewatin, Canada: (A) the distribution of drumlins and ribbed (Roge' 
moraine; (B) the distribution of eskers relative to areas predominantly of bedrock; (C) concentric zones around the area c* 
the former Keewatin ice divide based upon landform assemblages. The distribution of hummocky moraine is also illustrate: 
Zone 1 = devoid of eskers and subglacial lineations, Zone 2 = Rogen moraine, drumlins and eskers, Zone 3 = drumlins ar : 
eskers, and Zone 4 = bedrock with minimal drift. (From Aylsworth and Shilts, 1989a, b. Reprinted by permission of Elsevie- 
(A and B) and the Geological Survey of Canada (C))

Laurentide ice sheet has enabled Boulton and Clark 
(1990a, b) and Clark (1993, 1994) to reconstruct 
changing glacial flow directions. Numerous ice flow- 
landform assemblages were identified, composed of 
drumlins, megaflutings and mega-scale lineations, 
which commonly are superimposed on or cross-cut 
each other (Fig. 12.35; Fig. 12.36 (Plate 27)). Clark 
(1993, 1994) identified two relative age indicators 
which enable the sequence of ice flows to be recon
structed: (a) simple superimposition, w here one set 
of streamlined lineations is superimposed over 
another set with a different orientation: and (bi pre
existing lineation deformation, where deformation 
during a more recent ice flow phase alters the form or 
continuity of pre-existing lineations. According to 
Clark, the degree of modification of earlier lineations

forms a continuum, ranging from: (a) a situatu г 
where there is no modification of the pre-existin. 
lineation; to (b) superimposition of smaller forms с r 
the surface of older lineations; to (c) substantia 
breaching or deformation of the pre-existing lineation; 
to (d) total reorganization of sediment into a new ori
entation (Fig. 12.37A). This model of bedform mod
ification has been used to explain the formation 
Rogen moraine (Section 11.2.5; Boulton, 1987). A ' 
Clark (1993) explained, each streamlined lineation i> 
in dynamic equilibrium with glacier flow, and if the 
flow direction changes, lineations will become 
obstructions in an otherwise planar substrate. Th> 
means that they are very susceptible to modification 
and thus become sources of sediment for renewed 
subglacial debris transport.
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Fig. 12.34 (a) Summary of ice flow events in central 
Labrador/Quebec, Canada, based upon striae, glacially 
streamlined landforms and till composition. (From Klassen 
and Thompson, 1993. Reprinted by permission of the Geo
logical Survey of Canada) (b) Relationships between ice 
divide shifts, ice margin positions and glacier flow direc
tions in the south-western sector of the Laurentide ice sheet 
between 18kyr and 10 kyr bp. Note that parallel flow lines 
are replaced by later radial flow patterns. (Modified from 
Dyke and Prest, 1987)

A number of factors are thought to influence the 
degree of bedform modification consequent on 
changes in the ice flow direction, including ice flow 
velocity, sediment properties, ice thickness and the 
duration of individual flow phases. The influence of 
flow velocity is illustrated in Fig. 12.37B, which 
shows the theoretical velocity distribution along a 
flowline of a simple ice sheet (Boulton, 1987; Clark, 
1993, 1994). The balance velocity is at a minimum 
below the ice divide, and increases downflow to 
reach a maximum in the vicinity of the equilibrium 
line, from where it decreases outwards towards the 
margin. If ice flow velocity is the dominant factor 
controlling the degree of bedform modification when 
flow changes direction, the greatest amount of modi
fication should be expected close to the margin. 
Thus, bedforms in this area are likely to record only 
the most recent flow direction, whereas cross-cutting
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lineations should be expected to be best-preserved 
further upglacier. Such spatial relationships do in fact 
exist and have been identified by Boulton and Clark 
(1990a, b) in Canada (Fig. 12.38). Larger numbers of 
preserved lineations document less intense modifica
tion, some of which are located in the former areas of 
ice divides such as Keewatin, west of Hudson Bay. 
This model also explains why drumlins are com
monly formed in belts upglacier from recessional 
moraines, and record the ice flow directions that pre
vailed during deglaciation (Section 11.2.4.2; Mooers, 
1989b; Patterson and Hooke, 1996). Differences in 
the degree of bedform modification could also result 
from lateral variations in ice-flow velocity, such as 
those near the margins of ice streams.

Cross-cutting lineations also provide evidence for 
the nature of ice flow changes. If the changes in ice 
flow direction were gradual, and there was a contin- 
„ u> adjustment to changing flow, we should expect

Fig. 12.35 Aerial pho:: 
graph of part of the Be .: 
Lake area, NWT, Canac= 
showing cross-cutting dr — 
lineations. (Aerial pho:: 
graph from the Departme'- 
of Energy, Mines a-: 
Resources, Canada)

to see either a whole series of intermediate orienta
tions, or a single final orientation. However, onl\ _ 
small number of discrete ice flow directions arc 
observed in the landform record in any one area 
which led Clark (1993) to suggest two possiK; 
explanations: (a) punctuated ice flow shifts, in which 
periods of relative stability and lineation formation 
are separated by brief episodes during which ice flov. 
direction changes rapidly; or (b) an on-off mecha
nism of lineation generation, which involves a stead;, 
change in the ice flow direction but with an on-or 
lineation production mechanism that records snap
shots of the changing flow regime. Clark (1993 
favoured the punctuated ice-flow model because 
best explains the continent-wide coherent sets of lin
eations reported by Boulton and Clark (1990a, b 
However, the ‘on-off mechanism’ may be applicab.. 
where basal conditions were near the threshold for 
bed erosion, deposition or deformation.
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Fig. 12.37 (A) Theoretical contin
uum of subglacial modification of a 
lineation when overridden by ice 
flowing from a different direction. 
(B) The theoretical continuum of sub
glacial modification transferred to a 
transect from ice divide to margin. 
Note that this assumes that the ice 
flow velocity is the main determinant 
in the degree of subglacial modifica
tion. (From Clark, 1993. Reproduced by 
permission of John Wiley and Sons)
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Fig. 12.38 The numbers of glacier flow lineations per 2 per cent of mapped area for the area formerly covered by the ;e- 
tre of the Laurentide ice sheet. These are regarded by Boulton and Clark (1990b) as generalized indices of glacial eros : - 
Large numbers of lineations indicate less intense erosion and thus mark the positions of former ice divides. (Modified i r: - 
Boulton and Clark, 1990b)

Boulton and Clark (1990b) have compiled maps of 
successive ice flow directions for the Canadian 
Shield based on the distribution of cross-cutting lin
eations (Fig. 12.36 (Plate 26)). The sequence of ice 
flow events in Hudson Bay is compatible with till 
fabric data and the pattern and sequence of erratic 
dispersal. Changes in ice flow through time are 
linked to changes in the positions of ice divides and 
therefore changes in the shape of the various sectors 
of the ice sheet. If shifts in ice dispersal are not taken 
into account when interpreting ice flow lineation 
maps, then ‘bogus’ ice divides will exist in the ice 
sheet reconstruction. This is illustrated in Fig. 12.39, 
which depicts all the ice flow lineations associated 
with three successive ice dispersal centres. If only the 
strongest lineations are used in reconstructing the ice 
divide then its position will be bogus. Similarly, 
bogus divides will result from incorrect interpreta
tion of lineations resulting from a shift in a principal 
ice divide and its associated subsidiary divides.

Obviously, large numbers of early ice flow indica
tors are obliterated by later ice flows, and this consti
tutes a major problem in producing a reconstruction 
of multiple flow events. If an ice divide does not shift 
significantly during a glacial cycle then older forms 
may be preserved beneath it, because the amount of 
erosion is limited by low ice velocities.

A  very clear example of shifting flow conditions 
reconstructed from drift lineations, regional till com- 
po 'ition and erratic dispersal patterns is illustrated in 
Fig. 12.40. which shows the inferred ice flow history

V V I 7
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Fig. 12.39 Glacier flow lineations in relation to ice с 
shifts. In (a) and (b)the icecentreshiftsthrough position:' - 
remaining stable at each position for a considerable pe~ : 
Note how bogus ice divides may be interpreted from the : f  
morphological record. (From Boulton and Clark, 195И 
Reprinted by permission of the Royal Society of Edinbt':*
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of Prince of Wales Island in Arctic Canada, associ
ated with the shifting of the M ’Clintock ice divide 
(Dyke, 1983, 1984b; Dyke and Morris, 1988; Dyke 
et al., 1992; Hodgson, 1994). The presence of bed- 
forms was used as evidence for warm-based condi
tions, whereas the preservation of bedforms relating 
to older flow directions was taken to indicate cold- 
based ice. Furthermore, downstream transitions from 
drumlins to Rogen (ribbed) moraine were interpreted 
as the product of shifts from a wet, sliding bed to a 
freezing zone. The edges of individual ice streams 

dating to different flow phases are very clear on satel
lite imagery where bedforms cross-cut each other 
(Fig. 12.41 (Plate 28)), and the till plumes produced 
by each flow are lithologically distinct. The western 
edge of the phase 2 ice stream ends abruptly as a 
lateral shear moraine, consisting of a streamlined 
ridge of till, 68 km long and up to 1 km wide, which 
was formed by lateral shearing at the boundary 
between warm-based and cold-based ice.

The final stages of ice retreat on Prince of Wales 
Island were characterized by the stabilization of the 
ice divide towards the south of the island and the 
draw-down of ice into calving bays as a result of 
glacioisostatically higher sea-levels. This initiated 
the production of smaller fields of drumlins and flut- 
ings in topographic depressions. These final stages of 
deglaciation on Prince of Wales Island are similar to 
those envisaged by N. Eyles and McCabe (1989a) for 
the land surrounding the Irish Sea basin at the end 
of the last glaciation, when prominent drumlin 
swarms were produced by ice streaming down major 
valley systems in Scotland, northern England and 

Northern Ireland in response to rising sea-levels 
(Section 12.5.4).

Ice directional indicators recording various former 
ice movement directions during the same glaciation 
have been mapped at regional scales also in Scandi
navia and northern Europe (Nordkalott Project 
1986a, b; Donner, 1995). Several studies have shown 
that the Scandinavian ice sheet initially accumulated 
as a single elongate dome over the western moun
tains, then the major central divide migrated to the 
east over the continental interior (e.g. Ljungner, 
1948; Vorren, 1977; Lundqvist, 1986; Ringberg, 
1988). This explains the early north-south ice flow 
and later east-west ice flow over Denmark and north
ern Germany (Fig. 12.26; Ehlers, 1983a, 1990;Ehlers 
et al., 1984; Houmark-Nielsen, 1988). During degla
ciation, the ice divide migrated back towards the 
western highlands. However, more complex ice flow 
patterns involving subsidiary domes have been sug
gested in order to explain complex cross-cutting ice 
flow indicators (Lagerlund, 1983; Anundsen, 1990). 
The deglaciation of Scandinavia occurred over large 
areas in contact with deep lakes or marine waters, and 
complex moraine systems were deposited in arcuate

belts which demarcate the lobate pattern of the ice 
sheet. The form of marginal ice lobes can be recon
structed from the subglacial legacy, which consists of 
overlapping suites of streamlined landforms. each 
suite comprising drumlins and megaflutings fanning 
out to an arcuate end moraine (Section 12.4.3; Gluck- 
ert, 1973, 1974; Lundqvist, 1977, 1988; Haavisto- 
Hyvarinen et al., 1989; Heikkinen and Tikkanen. 
1989; Donner. 1995).

12.4.5 Sediment dispersal patterns
The occurrence of boulders in areas far removed 
from their bedrock source has long been recognized 
as firm evidence for glacial transportation (Agassiz, 
1838b; Geikie, 1877, 1894). For example, fragments 
of microgranite originating from the small island of 
Ailsa Craig off the west coast of Scotland occur in 
the tills surrounding the Irish Sea basin, documenting 
glacier ice flow southwards from Scotland towards 
Ireland, Wales and west-central England (Fig. 
12.42). Various exotic rock fragments originating 
from Scandinavia occur in the tills of eastern Eng
land (Ehlers and Gibbard, 1991), northern Germany, 
Denmark and the Netherlands (Flint, 1971; Over- 
weel, 1977). Other erratic trains have an immediately 
obvious provenance where they emanate directly 
from their source outcrop, such as the Assynt sand
stone boulder trains of north-west Scotland, which 
extend down-ice from mountains of Torridonian 
sandstone (Fig. 12.43; Lawson, 1990, 1995; Lawson 
and Ballantyne, 1995). Some of the largest glacially 
transported blocks are the quartzites of the Foothills 

erratics train, which lie on the Cretaceous bedrock 
prairie of southern Alberta more than 375 km from 
their source in Jasper National Park (Fig. 12.44; 
Stalker, 1956, 1976a; Mountjoy, 1958; Tharin, 
1969). The largest block is estimated to weigh appro
ximately 16.000 tons (Trenhaile, 1990).

Erratics and erratic trains can be used to recon
struct former transportation pathways, although it 
should be remembered that debris transport histories 
may involve several glacial cycles during which the 
ice divides and ice flow vectors may shift dramati
cally. Nonetheless, the distribution of erratics and 
fine-grained components of till provides glacial geol
ogists with a powerful tool for reconstructing the pat
terns and history of ice dispersal in studies of ice 
sheet dynamics (Clark, 1987; Boulton, 1996a). Addi
tionally, the study of dispersal patterns has great 
practical applications for mineral prospecting in 
glaciated terrains (e.g. Jones, 1973; Shilts, 1982a; 
DiLabio and Coker, 1989; Kujansuu and Saarnisto, 
1990).

Indicator erratics are those for which a definite 
source area is known, and indicator fans are regional 
fields over which the erratics from particular source
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: : 12.40 Changing ice flow directions and basal thermal 
r_: me during the last glaciation of Prince of Wales Island, 
-T.ic Canada, (a-с) Shifting flow conditions during the last 
: = :ial maximum, (d-g) Flow conditions and associated ice 
_ a'gins for 11, 10, 9.6 and 9.3 kyr bp, showing the migration 
:* :e divides and ice streams, the distribution of cold- and 
• 5 'm-based ice and the extent of the deglacial high sea- 
i ‘.el. The solid flowlines on these maps represent glacial 
:-reforms that are still visible even though later flows from 
: “ srent directions overrode them. (From Dyke etal., 1992. 
: ;;rinted by permission of the Geological Survey of 
li 'ad a )

rocks have been dispersed by glacier flow (Fig. 
12.45; Flint, 1971). Indicator fans encompass the 
range of transport directions produced by shifting ice 
divides and dispersal centres, and can be identified 
using a range of sediment sizes from erratic blocks 
down to the fine-grained matrix of tills. The concen
trations of indicator erratics vary systematically 
along ice flowlines. Within indicator outcrops, con
centrations increase rapidly downglacier, reflecting 
the addition of new material from the glacier bed, 
but concentrations drop off rapidly down-ice of the 
outcrop margin (Fig. 12.46; Hellaakoski, 1930; Gill- 
berg, 1965, 1967; Virkkala, 1969; Linden, 1975; 
Perttunen, 1977). This simple picture may be com
plicated by shifting patterns of erosion and sediment 
accumulation during glacier advance and retreat, and 
in some cases the peak in erratic concentration may 
be displaced down-ice from the boundary of the 
source outcrop (Boulton, 1996a). The up-ice and 
down-ice limits of an indicator plume are known as 
the head and tail, respectively. Debris dispersal by 
modern glaciers has been studied by DiLabio and 
Shilts (1979), who demonstrated that head and tail 
zones are identifiable in the lateral moraines of glac
iers crossing from one bedrock type to another.

The transport distances of the majority of indicator 
erratics are relatively short. A  good index of transport 
distance is the half-distance value, or the distance

KEY Onshore geology

j 1 Red Sandstone (various ages)

Carboniferous Coal, Limestone and Millstone Grit

—| Silurian & Ordovician (Greywackes, Sandstones and 
1 1 Conglomerates)

Dalradian Metamorphic Slate/Quartz-Mica Schist 
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Basalt (various ages)
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Ice flow directions suggested by other 
lines of evidence

---- ^  Erratic trains, drumlin orientations, striae and ice sheet modelling
(various sources)

: 5 12.42 The geology of the Irish Sea basin and surrounding areas together with various ice flow directions based upon
* ~atic distributions, drumlins, striae, ice sheet modelling and mineral magnetic data. (Modified from Walden et a!., 1992)
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from the nearest possible source to the point at which 
the frequency of indicator erratics is half of its max
imum. The half-distance value varies with the mate
rial resistance to abrasion and crushing and the depth 
to the source rock beneath superficial sediment 
(Bouchard and Salonen, 1990). Salonen (1986, 1987) 
found that the average half-distances for particles in 
tills in Finland are only 5 km. Very far-travelled errat
ics (up to 1200 km in northern Europe) may have 
been transported during several glacial cycles, and 
part of their journey may have been by iceberg raft
ing (Marcussen, 1973; Spjeldnaes, 1973; Overweel. 
1977).

Dyke and Morris (1988) suggested a twofold clas
sification scheme for erratic trains based upon exam
ples in Canada (Fig. 12.47). (a) The Dubawnt type is 
named after the Dubawnt Sandstone in central Kee- 
watin, which is a relatively restricted source outcrop 
from which material was dispersed as a plume over 
the surrounding bedrock by ice moving at a uniform 
rate over an entire region. Another example of this 
type of dispersal train is the 40 km long plume 
located downflow from the Strange Lake alkalic 
intrusion in northern Labrador, Canada (Batterson, 
1989). (b) The Boothia type, based on examples on 
the Boothia Peninsula, is characterized by debris 
plumes that extend from small parts of large source 
areas by zones of more rapid ice flow (ice streams) 
within the ice sheet.

Fig. 12.43 The bo_ э*
trains of Assynt, north-.'.e- 
Scotland, indicating g г : 
flow from east to west. To - 
donian sandstone erratics art 
found in discrete plume; : r  
trains emanating from 
down-ice flanks of Torr'c:-- 
ian sandstone rock outcr: ;  ;
1, Torridonian sandstone o_~ 
crops; 2, areas devoid of To~» 
donian sandstone e"=-: 
boulders; 3, areas where T: 
ridonian sandstone err=~ 
boulders have been foir-j. 
(From T.J. Lawson, 19H 
Reprinted by permission rl 
the Quaternary Resea- - 
Association)

Vertical changes in till composition at a particular 
site may result from: (a) the complete erosion or bu: 
ial of some source outcrops; (b) a shift in ice fl< . 
direction so that material is transported from differ
ent source areas; or (c) time-dependent pattern' • 
erratic transport along a flowline (Section 12.4 
Stea et al. (1989) and Turner and Stea (1990) ĥ  . 
linked till characteristics to ice divide migration' i 
Nova Scotia during the last glaciation. Early shift' i  
regional ice divides led to the influx of far-traveKr: 
debris to the area, forming the Hartlen Till „ . 
Lawrencetown Till, and later local ice dispel _ 
resulted in the deposition of the Stony Till, with lix J

Fig. 12.44(a)
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СЬ)
- g. 12.44 The Foothills Erratics Train, Alberta, Canada, (a) 
~-e Okotoks erratic near Calgary, southern Alberta. This 
■ ^ge quartzite boulder is part of the Foothills Erratics 
~'ain, which provides an impression of glacial transport 
: 3ths over a distance of more than 375 km. (Photo: D.J.A. 
£ ans) (b) The transport path of the Foothills Erratics Train 
-z'n Jasper in the Rocky Mountains to Montana, USA. 
Vrdified from Klassen, 1989)

lithological signatures. The identification i r _ - 
ice lobes from till lithology has been attempted 
number of settings, and considerable succe-' r._' 
been achieved in determining the source areas of 
individual till sheets in, for example, the Great Lake> 
region of North America (Gwyn and Dreimanis. 
1979), the Canadian Prairies (Shetsen, 1987), eastern 
England (Madgett and Catt, 1978), central Quebec 
and Labrador, Canada (Klassen and Thompson. 
1989, 1993), and Finland (Hirvas and Nenonen. 
1985). Dispersal patterns beneath former ice divides 
tend to be complex, and subglacial material can be 
transported in several different directions as the 
result of ice divide migration. The resulting dispersal 
pattern consists of multiple plumes emanating from a 
source outcrop, termed an amoeboid pattern by 
Shilts (1993).

Indicator fans or dispersal fans provide important 
clues to the location of mineral outcrops or ore bod
ies in glaciated terrain, where elongate plumes of 
mineral-enriched tills extend down-ice from source 
outcrops (Shilts, 1976, 1993; DiLabio, 1981, 1990a, 
b). The mineral content of the plumes is known as a 
mineral float. Ore enrichment in tills can be assessed 
by pebble counts and/or geochemical and minerolog- 
ical analyses of the fine-grained matrix. Because ore 
bodies are often hidden by till, the geochemical or 
mineralogical characteristics of till samples, col-

: g. 12.45 (a) Glacial erratic indicator fans produced by the Scandinavian ice sheet based upon various sources. Key: 1, outer 
~ t of Weichselian glaciation; 2, lateral limit of fan; 3, path of dispersal. Source areas: 1, Jatulian sandstone and conglom-

2, Nattanen granite; 3, Umptek and Lujarv-Urt nepheline syenite; 4, Lappajarvi impactite; 5, Vehmaa and Laitila 
;:akivi granite; 6 , Jotnian sandstone (Satakunta); 7, Viipuri rapakivi granite; 8 , Aland rapakivi granite; 9, Jotnian (Dala) 
^"dstone; 10, Dala porphyries; 11, Cambro-Silurian limestone; 12, Smaland granite; 13, Oslo rhomb porphyries and larvikite. 
: ~he dispersal pattern of ice-rafted material along the western Scandinavian coast: 1, Viipuri rapakivi granite source area; 

1 =rea of dispersal for Viipuri rapakivi granite; 3, Oslo rhomb porphyries; 4, flint; 5, area of dispersal for rhomb porphyries 
aid flint; 6, major currents. (From Donner, 1995. Reproduced by permission of Cambridge University Press)
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Fig. 12.46 Dispersal curve, 
for nickel concentrations - 
fine and coarse fractions cr 
tills downglacier from a- 
ophiolitic complex at The: 
ford Mines, Quebec, Canac; 
Nickel is particularly rich - 
the clay fraction because o' 
the dominance of nickel-r 
serpentine, which is prefe' 
entially reduced to clay size; 
(From Shilts, 1993. Reprinte: 
by permission of the Cana 
dian Journal of Earth Sc 
e rices)

lected on a regular grid and then contoured, often 
reveal plume-shaped areas of metal enrichment or 
dispersal trains. The largest dispersal trains can be 
hundreds of kilometres long but derived from very 
small ore bodies; they are hundreds to thousands of 
times larger than their source area, thus representing 
a much larger exploration target for prospectors than 
the ore body itself (DiLabio, 1990a). Some dispersal 
trains can be identified visually on the basis of their 
colour, such as the carbonate till plumes that stretch 
across Prince of Wales Island, Somerset Island and 
Boothia Peninsula in the central Canadian Arctic 
archipelago (Dyke, 1983, 1984b; Dyke and Morris, 
1988; Dyke et al., 1992) and central Baffin Island 
(Tippett, 1985).

Variations in nickel concentrations in till in part of 
Quebec, Canada, are shown in Fig. 12.46 (Rencz and 
Shilts, 1980; Shilts, 1993). The dispersal curves 
show only background levels of nickel up-ice from 
the source ultrabasic bedrock outcrop, and head and 
tail zones down-ice from the outcrop. The concentra
tions of nickel vary with grain size as a result of dif
ferential abrasion and crushing during subglacial 
transport (see Section 5.7.2; Dreimanis and Vagners, 
1971, 1972; Haldorsen, 1983). Each mineral has a 
different mode at which its chemical signature is 
strongest, and this must be taken into account when 
analysing till samples for their geochemical signa
tures (Shilts, 1971, 1975). Such chemical partitioning 
is discussed further by DiLabio (1982), Nikkarinen 
et al. (1984). Shilts (1984a, 1991) and Shilts and 
Wyatt (1989). Anomalous geochemical signals can 
be detected in till samples because of weathering and 
pedogenesis, the depth of which is dictated by such 
factors as the water table and grain size (e.g. Shilts, 
1975, 1976, 1984a: Rencz and Shilts, 1980; Peu- 
raniemi, 1984; Shilts and Kettles, 1990). Therefore, 
till samples for geochemical analysis and indicator

Boothia type Dubawnt type

Fig. 12.47 A twofold classification scheme for disperse 
trains based upon the shape of the source outcrop and 
flow characteristics. The Boothia type is formed under 
streams and the Dubawnt type under sustained regional 
flow. Two different rock types are marked A and B, ice fla 
direction is indicated by arrows, and the dispersal of d eb '; 
from rock type A is stippled. (From Dyke and Morris, 19S: 
reproduced by permission of the Canadian Association c  
Geographers)

tracing must be taken from unweathered horizons :~ 
order to avoid post-depositional alterations, such . 
the destruction of labile ore minerals and their deple
tion in till samples from above the water table.

Changes in the lithological composition 
glacifluvial materials have also been used to deter
mine transport patterns in glacial depositional svs- 
tems (Shilts, 1984b; Ryder, 1995). Studies on th: 
lithology of materials in Scandinavian eskers ha\ e 
revealed that transport distances from source are.i- 
vary according to the comminution rate of the differ
ent rock types. In eskers the increase in clasts of . 
particular rock type over its outcrop area begins fur
ther downflow from the up-ice margin of the outciv r 
than in tills. In addition, the concentration of rock' 
from such sources is far higher in esker sediment-
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■ -Л in tills (Hellaakoski, 1930; Lillieskold, 1990). In 
. -.'ifluvial systems, rocks that disintegrate easily to 
fcrm smaller grain sizes will travel further (Virkkala, 

-58; Gillberg, 1968). Multiple high-concentration 
'.  _ks of garnet in glacifluvial materials associated
* л the Salpausselka end moraines, Scandinavia, 
■. • e been explained by Perttunen (1989) as the result 

ce-marginal standstills.

12.5 SUBAQUATIC DEPOSITIONAL 
SYSTEMS
- _:>aquatic depositional systems form a very impor- 
mt component of the record left by former ice 

greets, for several reasons. First, large parts of the 
:‘ eistocene ice sheets terminated in the sea or large 
: г -glacial lakes, and large volumes of sediment were 
..oosited in standing water at and beyond the ice

r̂gins (Fig. 12.48 (Plate 29)). The present Antarc
tic ice sheet has predominantly marine margins, and 

; erts a strong influence on sedimentation on the sur- 
-nding continental shelves. Second, subaquatic 

. iiments tend to have high preservation potential, 
ind commonly preserve a more complete record of 
•Variation than terrestrial depositional systems. The 
. ntinental shelves off northern Europe, North Ame- 
~ca and Antarctica are draped by thick sequences 
: glacimarine sediments, and much of the evidence 
r pre-Cenozoic glaciations consists of subaquatic 

fades (N. Eyles, 1993). Third, study of subaquatic
- e positional systems yields important insights into 
те dynamics of former ice sheets, including the pat- 
.ms of deglaciation, the location of the grounding 

hnes of former ice streams, and episodes of rapid 
.-A ing retreat and ice rafting (e.g. Heinrich events).

In this section, we review the main controls on the 
л-ge-scale stratigraphic architecture of subaqueous 
deposits, then discuss the depositional record in 

rds, on continental shelves, and in former large 
"  glacial lakes and epicontinental seas. Subaqueous
- r positional systems in glaciated valleys are dis- 
. -'sed in Section 12.6.

12.5.1 Stratigraphic architecture
n recent years, many researchers have studied the 
_rge-scale form or stratigraphic architecture of sub- 
-.uatic depositional systems as a key to understand- 
ng environmental change in glacially influenced 
■_>ins (e.g. Boulton, 1990; N. Eyles and C.H. Eyles, 
J92; Hambrey, 1994). A  large body of information 

' available on subaqueous depositional systems for
■ -ndreds of formerly glaciated sites, and many depo-
■ tional models have been proposed (e.g. Drewry and 
fxtper, 1981; Nelson, 1981; Mode et al., 1983;

Molnia, 1983b; Gravenor et al., 1984; C.H. Eyles et 
a l, 1985; Benn, 1989a; Fyfe, 1990; Anderson et al., 
1991; Brodzikowski and van Loon, 1991; Ashley, 
1995; Powell and Domack, 1995). It has become 
clear that, although the lateral and vertical relation
ships between sediment-landform associations such 
as morainal banks, grounding-line wedges and distal 
drapes are very varied, they reflect the interaction of 
relatively few groups of variables. The most impor
tant are (a) the topography and tectonic setting of the 
basin; (b) the extent, configuration and dynamics of 
glacier ice and floating ice and the position of asso
ciated depocentres; and (c) changes in water depth 
due to eustatic and isostatic cycles and the life-cycle 
of proglacial lakes (Powell, 1984, 1990, 1991; Boul
ton, 1990; N. Eyles and C.H. Eyles, 1992; Martini 
and Brookfield, 1995; Powell and Domack, 1995). 
The influence of tectonic setting on the stratigra
phic architecture of glacially influenced continental 
shelves is discussed in Section 12.5.3. The influence 
of glacial variables and that of water depth are exam
ined in turn below.

In Sections 8.5 and 11.6 we saw that subaqueous 
depositional systems are strongly influenced by the 
proximity of grounded glacier ice. Accordingly, it is 
useful to subdivide such depositional systems 
according to their position of formation relative to 
the ice front. Powell (1984) defined four depositional 
zones, each of which is associated with distinctive 
sets of processes and stratigraphic architecture. 
These are: (a) subglacial; (b) ice-proximal; (c) ice 
shelf; and (d) ice-distal. The zones were originally 
defined for glacimarine environments, but are also 
applicable to large proglacial lakes.

The subglacial zone lies behind the glacier 
grounding line, and is reviewed in detail in Section
12.4. Facies deposited in this zone form downglacier- 
thickening sheets of basal till and associated lenses 
of water-sorted material. Sediment dynamics in the 
subglacial zone exert an important control on the 
delivery of sediment to the subaqueous environment, 
either by meltwater, by subglacial till deformation, or 
within sequences of basal ice.

The ice-proximal zone encompasses subaqueous 
environments adjacent to the glacier grounding line. 
The thickness of sediment packages deposited in the 
ice-proximal zone is related to the glacier snout 
retreat rate: slow retreat or quasi-stable conditions 
will encourage the accumulation of large volumes of 
sediment, whereas during rapid calving retreat a 
large proportion of debris will be rafted away, 
restricting the amount of ice-proximal deposition. 
Sediment associations include push and thrust mor
aines, morainal banks, deltas, De Geer moraines, and 
grounding-line fans (Sections 11.3 and 11.6). The 
type of association depends on a number of factors, 
including ice velocity and calving rate, sediment
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supply, input of meltwater from the ice, and water 
depth and salinity. For example, at the tidewater 
margins of temperate glaciers, large amounts of 
coarse debris are deposited in grounding-line fans, 
and fine-grained sediments are carried away in tur
bid plumes to form cyclopsams and cyclopels (Sec
tion 8.5). In contrast, grounding lines below ice 
shelves in polar environments are more commonly 
associated with grounding-line wedges composed 
of mass flow deposits, because of the limited avail
ability of subglacial meltwater (Sections 8.2.3 and
8.5.3). Sediment gravity flows are common in the 
ice-proximal zone, because of high sedimentation 
rates, ice push, iceberg calving, storm waves, tidally 
induced pressures below ice shelves, and morainal 
bank collapse. Subaqueous outwash and sediment 
flows both commonly form prograding beds dip
ping away from the glacier margin, known as 
clinoforms. The upper parts of such clinoforms may 
be erosionally truncated during glacier advance, 
forming a subhorizontal erosion surface overlain by 
basal till.

The ice shelf zone occurs in polar climates where 
ice below the pressure melting point floats and pro
duces glacier and sea-ice shelves (Section 8.2.3). 
Deposition in this zone is dominated by undermelt 
and rain-out, forming drapes of dropstone diamicton 
and mud (Section 10.6.3). Patterns of deposition vary 
with the debris content of the ice and the location of 
basal melting and freezing zones beneath the ice 
shelf, but in general, deposits are thickest near the 
grounding line and thin distally. Below some ice 
shelves, basal freeze-on of sea-water allows signifi
cant amounts of basal debris to be transported to the 
ice shelf edge, forming dropstone deposits in more 
distal locations. The geometry of undermelt deposits 
is to a large extent determined by the local topogra
phy. In areas with significant relief, reworking by 
mass movements relocates sediment and forms thick 
infills in topographic basins.

The ice-distal zone is dominated by ice-rafted 
debris and muds formed by the settling of suspended 
mineral grains and microfaunal remains (Section
10.6). C.H. Eyles and N. Eyles (1983) and C.H. 
Eyles et al. (1985) argued that sedimentary sequences 
in distal glacilacustrine and glacimarine environ
ments are determined by the relative importance of 
rain-out, current reworking and gravitational resedi
mentation (Fig. 12.49). In glacimarine environments, 
deposition and reworking by these three processes 
can produce sequences of massive and stratified sed
iment tens to hundreds of metres thick, and spanning 
several glacial cycles. The long-term preservation 
potential of such sequences is high, and they are well 
represented in the ancient geological record (N. 
E;. les. 1993). Iceberg scouring is common in high- 
'.a'.iiude distal glacimarine environments, churning the

bottom sediments and producing massive, structure
less ice-keel turbates (Section 10.6.4; Vorren et a. .. 
1983; Woodworth-Lynas and Guigne, 1990; Dow c- 
eswell et al., 1994).

Depositional systems deposited in each of the'; 
zones can be superimposed, recording glac:_ 
advance and retreat cycles. This is illustrated in Fig- 
12.50 and 12.51, which show changing patterns 
sedimentation associated with the growth and deca; 
of a water-terminating ice sheet (Boulton, 1990: N 
Eyles and C.H. Eyles, 1992). During ice shee 
advance, the ice-proximal zone migrates over the 
former ice-distal zone, depositing ice-contact facie- 
associations on top of distal sediments. Such associ
ations tend to be eroded, transported or redepositec 
in the subglacial zone once glacier ice advances ove: 
the site. The ice sheet buildup phase is therefore 
typically represented by a sheet of subglacial till, anc 
underlying glacimarine deposits are likely to survive 
only close to the margin. As the ice sheet retreats, the 
ice-proximal and distal zones migrate in turn over the 
former subglacial zone, commonly blanketing sub
glacial forms with a fining-upward drape. More 
complex successions result from ice-marginal oscil
lations, and where deposition is also influenced b\ 
sediment from non-glacierized catchments or glacia 
meltstreams.

Water depth exerts a strong control on the distrib
ution and character of subaqueous depositional sys
tems, owing to its influence on ice margin stability 
the space available for sedimentation, and base level' 
for subaerial erosion (N. Eyles and C.H. Eyles, 1992. 
Martini and Brookfield, 1995). In glacimarine envi
ronments, patterns of sedimentation are influencec 
by isostatic depression and rebound during glacia. 
cycles, which may be in phase or out of phase with 
global eustatic sea-level changes. The influence of 
sea-level change and sedimentation rates on dep
ositional architecture in glacimarine environment' 
has been considered by Bednarski (1988) (Table
12.1), using concepts similar to those of sequence 
stratigraphy (Section 12.2.2; Curray, 1964). Figure 
12.52 shows a hypothetical glacimarine depositional 
sequence produced during a sea-level transgression- 
regression cycle. The cycle begins during deglacia
tion, when receding ice allows marine waters to flooc 
the basin, forming an erosional transgression surface 
(VII). A  sequence of marine deposits is then laid 
down on top of the erosion surface, interfingering 
with terrestrial glacigenic sediments at the landware 
end (VI and V). The marine limit marks the higher 
level reached by the sea. Subsequent regression car. 
result in erosion, which truncates glacimarine sedi
ments deposited during transgression and highstanc 
(I). Alternatively, glacimarine sediment can be 
reworked into littoral features such as beaches, storrr. 
ridges or tidal flats (II, III and IV). Such shoreface
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1. RAIN OUT

4 >

Predominantly massive (Dmm) 
Planar geometries

Massive muds (Fm )

2. RAIN OUT + RESEDIMENTATION Massive and stratified diamicts with 
flow structures, abundant silt and 
clay clasts, rafts (Dmm, Dms)

Massive muds (Fm ), laminated silts 
and clays (turbidites) (F I, Fid)

3. RESEDIMENTATION

У
Stratified and massive diamicts with 
flow structures, abundant silt and 
clay clasts, rafts, variable grading 
characteristics (Dmm, Dms, Dmg). 
Fills and flattens irregular 
topography.

Laminated silts and clays 
(turbidites) (F I, Fid ), graded and 
massive sands (Sg, Sm).

4 RESEDIMENTATION + TRACTION
Ж _______ CURRENT

ACTIVITY

Predominantly stratified diamicts 
with evidence of resedimentation 
and traction current activity (win 
nowed units, silt and sand stringers, 
rippled sands, flow structures, 
variable grading) (Dms, Dcs)

Traction bedded sands (Sr, St, Sp) 
graded sands (Sg) and deformed 
units of silty sand (Sd)

5. TRACTION CURRENT ACTIVITY Winnowed diamicts, predominantly 
stratified (Dcs, Dms) Channelized 
geometries

Traction bedded gravels and 
sands (Gm, Sr, St, Sp)

6. TRACTION CURRENT ACTIVITY 
Ч У  + RAIN OUT

Massive and stratified diamicts 
with silt and sand stringers, rippled 
sands, some winnowed units 
(Dmm, Dms, Dcs)

Traction bedded sands and 
gravels (Sr, St, Sp, Gm). 
Some mud drapes (Fm )

Fig. 12.49 Model of distal subaqueous sedimentation as a continuum between three end-member processes: rain-out (from suspended and ice-rafted sediment), 
traction current activity and gravitational resedimentation. (From C.H. Eyles et al., 1985. Reproduced by permission of Elsevier)
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Fig. 12.50 Time-distance diagram showing the migration of subglacial and glacimarine environments during a glac a 
cycle. The isolines show changes in sea-level due to glacioeustasy and glacioisostasy. (From N. Eyles and C.H. Eyles, 1992, afte- 
Boulton, 1990. Reproduced by permission of the Geological Association of Canada)

reworking- is very common around isostatically 
uplifted coasts, limiting the amount of glacimarine 
sediment exposed at the surface (Benn and Dawson, 
1987). In glacilacustrine environments, the opening 
and closing of outlets by ice or sediment can cause 
multiple rapid changes in water level, resulting in 
complex depositional systems separated by erosion 
surfaces (Martini and Brookfield, 1995).

Water level changes have the largest effect on pat
terns of sedimentation in the shallower parts of a 
basin. In contrast, changing water levels may have 
little effect in deeper areas, where facies variations 
depend more simply on the proximity of glacier ice. 
In the following sections, we discuss the strati
graphic architecture of sediments deposited in fjords, 
on continental shelves and in proglacial lakes, with 
emphasis on the controlling environmental variables.

12.5.2 Fjords
Glacial stratigraphic architecture in fjords is strongly 
influenced by topography. Overdeepened basins act 
as sediment sinks, whereas bedrock sills provide pin

ning points where ice-proximal depositional system - 
can accumulate. Furthermore, the presence of steer 
flanking slopes encourages gravitational reworking 
of sediment and debris input from ice-free terrain 
Fjords can be subdivided into high- and low-relie: 
types. High-relief fjords have lateral slopes which arc 
too steep for the accumulation of sediment, and tenc 
to be characterized by precipitous rock slopes flank
ing a sediment-floored trough. In contrast, low-relie: 
fjords contain more extensive low-gradient surface' 
on which sediment can accumulate, encouraging the 
preservation of a wide variety of sediment-landforrr 
associations.

The sedimentary infill of fjord basins can be use
fully divided into three broad units deposited during 
glacier advance, maximum and retreat, respectively:

1. Advance phase. Within the glacier limit, the 
advance stage of a glacial cycle is typically repre
sented by a basal till unit or an erosion surface 
Till thickness generally increases downfjorc 
towards the glacier limit, reflecting erosion an̂ : 
downglacier transport of pre-existing sediment
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- g. 12.51 A model of glacimarine architecture in space and time, showing sediments produced on different parts of a con- 
: -ental margin throughout a glacial cycle. Relative sea-levels are also depicted for each zone. (From Boulton, 1990. 
Sprinted by permission of the Geological Society of London)

and bedrock fragments (Boulton, 1990). Beyond 
the glacier limit, extensive blankets of mud and 
diamicton may record distal glacimarine deposi
tion during the advance phase, but are typically 
buried by younger glacimarine sediments.

1 Maximum phase. Glacier limits within fjords are 
commonly located at pinning points where reduced 
calving rates encourage ice margin stability (Sec
tion 8.2.5; Mercer, 1961; Warren and Hulton, 
1990; Greene, 1992). Typical sediment-landform 
associations include push or thrust moraines, 
grounding-line fans, morainal banks and deltas 
Section 11.6). In low-relief fjord basins, lateral 

moraines may be preserved on the valley sides, 
but in high-relief settings such moraines are gen
erally rapidly destroyed by paraglacial reworking 
after glacier retreat. Lateral moraines with excep
tionally low gradients indicate the former extent 
of floating ice shelves (Fig. 12.53 (Plate 30)); Sec
tion 11.6.4). Beyond the ice limit, blanket-like 
drapes of fine-grained sediments and diamictic 
muds record suspension sedimentation from tur
bid overflows and dumping from icebergs (Sec
tions 10.6.2 and 10.6.3; Powell and Molnia,
1989). The relative amount of suspended sediment 
and ice-rafted debris varies with topographic set

ting, calving rates, and the availability of debris 
and meltwater. The highest rates of suspension 
sedimentation are associated with temperate fjord 
glaciers, where discharges of turbid meltwater are 
high during the ablation season and thick 
sequences of cyclopels and cyclopsams can accu
mulate rapidly (Section 10.6.2; Cowan and Pow
ell, 1990).

3. Retreat phase. During glacier retreat, depositional 
zones migrate upfjord, and progressively more 
distal facies are laid down on top of older units. 
Pauses in glacier retreat may be marked by push 
or thrust moraines, grounding-line fans or morainal 
banks (Boulton, 1986). Substantial ice-marginal 
accumulations such as large morainal banks and 
deltas tend to be associated with topographic pin
ning points. At trough margins, glacimarine facies 
may be overlain by subaqueous fans fed by sub
aerial streams on the valley sides (Section
11.6.5.1). Fan aggradation is thought to be most 
rapid in the paraglacial period immediately after 
deglaciation, when large amounts of readily 
entrained glacigenic sediment are available.

Depositional systems associated with the retreat
phase can be illustrated by a set of models developed
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Table 12.1 Classification of transgressions and regressions that occur during a glacial cycle in a fjord

Classification* Glacial cycle Conditions Results

— Glacial Ice occupying fjord Glacigenic deposition

VII Deglaciation Submergence »  sedimentation Overstep marine over glacial depos::-

V Itt

Decreasing ice load

Transgression > sedimentation Thin veneer of littoral sand overlain - 
discontinuous marine sediments

V tt  
(approaching 
marine limit)

Transgression > sediment supply Marine onlap

v in t
(of short 
duration)

Uplift = eustatic 
sea-level rise

Geographically stable coast Marine limit reached

I
l

Sea-level rise < uplift Emergence »  sedimentation No beaches, dissection of uplifted 
marine sediments

lit
isostatic zone 

I

Emergence > sedimentation Mostly wave cut beaches, regressive 
strandline

III Decreasing rebound

IV t ' ' Emergence > sedimentation Marine offlap, regressive beaches, dehi 
building

vn i |

isostatic zone 
MI

v 1
Collapse of 
the forebulge

Net erosion from wave action, local 
subsidence from compaction

Transgression Marine onlap

Source: Bednarski (1988)
* From Curray (1964) and explained in Figure 12.52 
t  Shorelines may be preserved 
t  Areas beyond the glacial limit

by Powell (1981a) for Alaskan fjord glaciers (Fig. 
12.54). Facies association / results from rapid calving 
retreat in deep water. Large amounts of sediment are 
transported by icebergs, producing widespread drop
stone muds and diamictons. Small morainal banks are 
formed during brief glacier standstills or readvances. 
Facies association I I  is characteristic of slowly 
retreating or stationary glacier margins in shallow 
water. These conditions encourage the deposition of 
large grounding-line fans or morainal banks. Facies 
association I II  is formed by glaciers terminating in 
very shallow water. In such situations, the glacier mar
gin melts more rapidly than it calves, resulting in a

gently sloping front. Deposition from meltstreams 
mass flows produces ice-contact subaqueous fans th.i 
pass distally into turbidites. Facies association 
forms at fjord margins that receive sediment from _ 
land-based glacier margin. Glacier-fed deltas are pr 
duced where glacial meltstreams enter the fjord, an: 
deltaic bottomsets, foresets and topsets prograde o\ er 
older facies. These four associations can develop in 
sequence during glacier retreat into shallowing water 
or alternate if the retreating margin migrates throu;- 
a series of basins (Fig. 12.55).

Boulton (1990) drew attention to the influence 
fjord relief on the geometry of sedimentary infL-
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Fig. 12.52 (a) A reconstruction of the depositional sequence in an Arctic fjord during full-glacial conditions, based upon 
Clements Markham Inlet, Arctic Canada. The stratigraphies numbered l-VII document the depositional sequence produced 
during a glacial-deglacial cycle at various locations, (b) Classification of transgressions and regressions based upon the work 
of Curray (1964). (From Bednarski, 1988. Reprinted by permission of Les Presses de I'Universite de Montreal)
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Fig. 12.54 Depositional models for retreating tidewater glaciers based on Alaskan examples. I: rapidly retreating glacier in 
deep water; II: slowly retreating glacier in shallow water; III: slowly retreating glacier in very shallow water; IV: terrestrial 
glacier margin supplying sediment to a delta. (Drawings by R.W. Tope, from Powell, 1981a. Reproduced by permission of the 
International Glaciological Society)
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Fig. 12.55 Hypothetical section through glacimarine sediment stratigraphy associated with retreating glacier snout. T^e 
depositional environments of Facies Associations I—IV are depicted in Fig. 12.54. At interval A the ice front terminated in deec 
water and retreated rapidly by calving. At interval В calving continued but recession was slowed by a channel constrictior 
At interval С the ice once again calved rapidly in deep water. At interval D the ice had reached the fjord head and recessior 
slowed; calving was replaced by surface melting. At interval E the ice front became terrestrial and an outwash delta pro
graded out over all previous facies. (From Powell 1981a. Reprinted by permission of the International Glaciological Society.1

FACIES
ASSOCIATION

GLACIER
CONDITION

I х! Rapid retreat/Calve 

t y  Slow retreat/Calve

III Slow retreat /Melt

IV  Slow retreat/Melt

TERMINUS
POSITION

Mouth, central 

Mouth, central, head 

Head

Terrestrial

(Fig. 12.56). In high-relief fjords, slumping from 
steep margins relocates sediment on the trough floor, 
producing flat-lying infill sequences such as that in 
Cambridge Fiord, Baffin Island. In low-relief fjord 
environments, sediment cover is more widely distrib
uted, forming an extensive draped sequence (e.g. 
Kongsfjorden, Spitsbergen). There still may be large 
local differences in sediment thickness, with the 
thickest sequences occurring close to sediment 
sources and in topographic lows.

An example of stratigraphic architecture result
ing from the advance and retreat of a fjord glacier 
is given in Fig. 12.57, which shows the results of 
geophysical studies in Krossfjorden, Svalbard (Sex
ton et al., 1992). The fjord consists of multiple 
basins, which clearly influence patterns of sedi
mentation. Three broad zones were recognized: (a) 
Outer fjord complex. In the outer part of the fjord, 
hummocky glacigenic deposits lie directly on 
bedrock, and in turn are overlain by a blanket of 
massive and laminated sediment. The hummocky 
deposits were laid dowrn during the late Weich- 
selian glacial maximum, and the overlying sedi
ments were deposited during subsequent retreat, (b)

Fan complex. This occurs in an elongated uppe: 
basin separated from the outer fjord complex by _ 
bedrock sill. The lowermost sedimentary unit con
sists of a massive diamicton sheet, possibly basa_ 
till, which is overlain by laminated silt and sane 
Much of the laminated component was deposited 
as the Weichselian ice receded upfjord. (c) Ice- 
proximal unit. This comprises a series of sub
aquatic moraines formed during and following the 
Little Ice Age maximum. The distal part of the 
moraine sequence has a fan-like geometry, an: 
oversteps the older ‘fan complex’ .

Glacimarine sediments and landforms in fjord- 
may be raised above sea-level by isostatic uplift ft • 
lowing deglaciation. The emergence of ice-proxim .. 
associations above sea-level provides a readily acces
sible source of information on former ice margins n 
regions where terrestrial ice-marginal accumulation 
are commonly not well preserved. Emergent m> r- 
ainal banks and grounding-line fans occur in m> - 
Norwegian fjords, where they are referred to 
Tronder moraines (Sollid and Reite, 1983). Larser. 
al. (1991) mapped the distribution of emergent De 
Geer moraines in the M0re area of western Norv. _ _
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(a)

Distance - kms

(b)

; 12.56 Contrasts between an 'infill sequence' in Cambridge Fiord, Baffin Island (a), where slumping from the steep mar- 
p r i  produces a flat-bottomed, slump and turbidite infill sequence, and a 'draped sequence' in Kongsfjorden, Spitsbergen 

nere the fjord slopes are much lower; till (coarse pattern) overlies bedrock and is in turn draped by marine sediments. 
*|lilr: dified from Boulton, 1990)

-: - >howed that they record a very detailed picture of 
-emaciation. Glacier retreat rates varied between 

'ds. as a consequence of differences in topography 
ird ice discharge.

Emergent glacimarine sediments and landforms 
ire >ubject to modification by waves, currents and 
.."'ergs in the near-shore zone (Hambrey, 1994).
• - 'ed beaches and deltas are formed where there is 
‘ _ndant sediment supply, and spectacular flights of

terraces occur along the margins of some isostati- 
cally raised fjord coastlines. The altitude of raised 
shorelines provides important data on the history of 
sea-level change and glacier fluctuations (Section 
1.5). In fjords, the marine limit commonly declines 
towards the ice accumulation centre, recording the 
occupancy of inner basins by glacier ice during iso
static uplift of deglaciated outer coasts (e.g. Sissons 
and Dawson, 1981).
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12.57 Fjord basin architecture from Krossfjorden, Svalbad. The acoustic profile (b) is locked on the bathymetric map ; 
J\ = Little Ice Age moraine; BR = bedrock ridge. (From Sexton eta/., 1992. Reproduced by permission of Elsevier)
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The lowest-relief fjord landsystems are those of 
inter-island channels. Some of the best-preserved 
glacial landforms associated with inter-island chan
nels are those o f Lancaster Sound and Bylot Island in 
the Canadian Arctic archipelago. The outer margins 
o f ice streams at the north-eastern margin of the 
Laurentide ice sheet are clearly demarcated on Bylot 
Island by the Eclipse moraines (Klassen and Fisher, 
1988; Klassen, 1993). These moraines show that 
Bylot Island was surrounded by ice streams in its 
neighbouring channels and that the local mountain 
glaciers were overwhelmed by Laurentide ice at that 
time; the strength o f the regional ice was such that it 
back-filled bays and valleys along the Bylot Island 
coast (Fig. 12.58). A similar situation arose during 
the last glaciation of south-eastern Ellesmere Island, 
where outlet glaciers from the Prince o f Wales ice
field advanced into local fjords and floated to form 
calving ice shelves. The former margins of these 
glaciers are marked by subhorizontal lateral 
moraines, such as those in Hayes Fiord and Flagler 
Bay, which terminate in ice-contact glacimarine 
deltas. These fjord glaciers and their moraines also 
dammed small lakes in the low cols on the plateaux 
separating the fjords, resulting in the deposition of 
ice-contact glacilacustrine deltas.

12.5.3 Continental shelves
As described in Section 1.2.1, glaciation of shelf 
areas may arise through (a) the advance of terrestrial 
margins in a seaward direction; (b) the thickening 
and grounding of sea-ice encouraged by lower sea- 
level; or (c) a combination o f (a) and (b). The impact 
o f glaciation on a continental shelf may be direct 
where the shelf has hosted a grounded glacier mass, 
or indirect where it merely received distal glacima
rine sediments during a glacial cycle. Patterns of 
sedimentation are dependent on a number o f interre
lated factors, including the extent and configuration 
o f glacier ice, basin history and tectonic setting, 
bathymetry, oceanography, glacial thermal regime, 
and sediment supply (e.g. Powell, 1984; King et al., 
1987; C.H. Eyles and Lagoe, 1990; Hambrey et al., 
1992; N. Eyles, 1993).

The influence of ice margin configuration and 
thermal regime on patterns o f sedimentation on con
tinental shelves was considered by Powell (1984), 
who defined eight glacimarine regimes, based on 
whether: (a) the ice source is a valley glacier or ice 
sheet; (b) ice at the grounding line is cold- or wet- 
based, or whether net freezing or melting occurs; 
and (c) the glacier front is a tidewater cliff or ice 
shelf (Fig. 12.59). The regimes can be summarized 
as follows:

Regimes 1 and 3 occur in polar environments where 
glaciers and ice sheets, respectively, with melting/

freezing bases form ice shelves. Sea-ice traps tabu
lar icebergs close to the glacier margin, limiting 
the transport o f ice-rafted debris. The glaciers in 
regime 1 tend to carry more englacial debris, result
ing in greater amounts o f rain-out, whereas the larger 
drainage basins involved in regime 3 encourage 
greater subglacial stream discharges and glacifiuvial 
sediment transport.

Regimes 2 and 4 are typical o f polar glaciers and 
ice sheets, respectively, which are frozen to their 
beds and form ice shelves. Tabular icebergs are again 
trapped near to the glacier ice margin by sea-ice. 
Overall, debris is less abundant than in regimes 1 and 
3, deposition rates are low, and sedimentation is 
interrupted by erosional episodes resulting in 
palimpsest lags (Section 10.7; Powell et al., 1996).

Regime 5 occurs where a valley or outlet glacier 
with a melting base ends as a tidewater front. These 
glaciers transport large amounts of debris to the 
marine environment. Sea-ice does not restrict iceberg 
drift, and so ice-rafted debris is more widely distrib
uted. Morainal banks are more susceptible to distur
bance by icebergs and waves than in ice shelf regimes 
and therefore contain less diamicton and more gravel. 
In addition, subglacial discharges produce subaq
ueous fans. Regime 7 represents an ice sheet with a 
melting/freezing base and a tidewater front. Deposits 
are similar to those in regime 5 except that less high- 
level englacial debris is available.

Regimes 6 and 8 refer to cold-based glaciers and 
ice sheets, respectively, with tidewater fronts. These 
contribute far less sediment to the marine environ
ment than the other regimes. Lithofacies in regime 6 
are similar to those o f regime 2, although more sedi
ment is released close to the grounding line. Regime 
8 contributes almost no sediment to the marine envi
ronment, and palimpsest lags are common.

Typical lithofacies associations formed in regimes 
1-8 are shown in Fig. 12.60 and Table 12.2.

Recently, it has become apparent that the tectonic 
setting exerts a strong influence on the style and 
preservation o f glacigenic sediments on continental 
shelves (N. Eyles. 1993: Hambrey, 1994). The tec
tonic setting o f continental shelves can be subdivided 
into (a) passive margins, (b) convergent margins, 
where oceanic crust is subducted below continental 
crust, and (c) rift basins, where the crust is under ten
sion and the basin floor subsides. We discuss exam
ples of glacimarine sequences in each type o f setting 
below, with reference to ice mass configuration, ther
mal regime and other controlling variables.

A well-studied example o f a glacially influenced 
passive continental margin is the eastern Canadian 
shelf, extending from the Scotian Shelf off Nova 
Scotia to Baffin Bay (Figs 12.61 and 12.62; Piper and 
Normark, 1989; Josenhans and Fader, 1989). The 
physiography o f the shelf records repeated episodes
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Fig. 12.58 (a) The extent of the Eclipse moraine on Bylot and Baffin Islands, Arctic Canada, and the reconstructed glacier 
surface profiles based upon the Eclipse m oraine on valley walls (profiles 1-3 and 7-8) and drawn along the centre-lines of 
the tw o glacier lobes (A-A' and B-B'). (From Klassen, 1993. Reprinted by permission of the Canadian Journal o f  Earth Sci
ences) (b) Aerial photograph of the Cape Fanshawe area, Bylot Island, showing the extent of valley backfilling by foreign 
(Laurentide ice sheet) glacier ice. The limits of the Eclipse moraine and drift are marked by the broken line. (Aerial photo
graph reproduced by permission of the Departm ent of Energy, Mines and Resources, Canada)

of erosion under both glacial and non-glacial condi
tions, including Tertiary fluvial incision, moderate 
glacial scouring, and intense selective linear erosion. 
Ice-rafted debris first appears off eastern Canada in 
sediments dating to the late Pliocene (c. 3 Myr b p ), 
but despite this long record o f glaciation the quantity 
of Quaternary sediment is meagre, amounting to only 
a few tens o f metres in many areas and thickening to 
c. 200 m in the offshore extensions o f fjord basins. 
The limited amount o f sediment reflects glacial, 
marine and subaerial erosion o f the shelf, encouraged 
by low glacial sea-levels, which has severely limited 
the survival o f sediment over multiple glacial cycles. 
It is thought that large amounts of sediment have 
been evacuated from the shelf by grounded glaciers 
on several occasions, causing sediment to accumu
late on the continental slope by a process of progra
dation or ‘outbuilding’ (N. Eyles, 1993). According

to Josenhans and Fader (1989), the uppermost 
glacial-postglacial sequence on the eastern Canadian 
Shelf thins towards the north. Off Nova Scotia and 
Newfoundland, former terminus positions of the 
Laurentide ice sheet are marked by large submerged 
moraines and thick diamicton sequences which 
interfinger with distal glacimarine deposits (Fig. 
12.62). Fields o f lift-off moraines are common 
within basins inside the ice sheet limits. Further 
north, off the coast of Labrador, sediment cover is 
thinner, and till tongues (grounding-line wedges) are 
not evident. This contrast is thought to result from 
differences in glacier thermal regime and ice dynam
ics: in the northern part of the shelf, deposition rates 
may have been limited by low sediment supply 
owing to colder conditions, and rapid ice sheet 
retreat. Much o f the continental shelf off eastern 
Canada is traversed by iceberg scour marks (Section
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Table 12.2 Lithofacies occurring in glacimarine regimes 1-7 o f Powell (1984)

Fades Regimes

1 2 3 4 5 6 7 8

Subglacial till Gc Gu-r Gc Gr Gc Gu-r Gc Gr

Dropstone diamicton Sc Sc-u BPc BPc

Stratified dropstone diamicton Sc Su BPc-u

Dropstone mud Sc, BDc Su, Bu BPu, BDc BPr Be

Stratified dropstone mud Su-r BDu-r BPc

Grounding line sediment/ 
morainal bank

Pc Pu-r Pc Pr Pc Pu-r Pc Pr

Subaqueous outwash fan Pu Pu Pc Pc

Interlaminated sand/silt/clay Pu Pu-r BPc-u

Subaqueous sediment gravity flow 
deposits

Pc, Sc, Be Pu, BPr* Pc, Sc, Be BPr* Pc, Be BPr* Pc, Be BPr*

Interstratified gravity flow deposits and 
dropstone diamicton

Pc* Pc*

Interstratified gravity flow deposits and 
dropstone mud

Pc*

Interstratified gravity flow deposits and 
dropstone diamicton and mud

BPc*

Palimpsest lag Bc-u Bc-u Sc, Be Be

Biogenic bank and/or debris BDu Br BDu BPc-u BDr

Deep-sea biogenic mud (ooze) BDu BDu-r BDu-r BDr

Dropstone ooze BDc BDr

Interstratified dropstone 
mud and ooze

BDc BDc

Sedimentation zones: G, subglacial; P, ice-proximal; S, ice shelf; B, iceberg; BP, iceberg-proximal; BD, iceberg-distal 
Frequency of occurrence: c, common (large, thick); u, uncommon (small, thin); r, rare
* = facies occur when the grounding line is at the edge of the continental shelf

10.6.4). Iceberg scours can be attributed to different 
glacial stages, providing an important source of envi
ronmental information. For example, modern iceberg 
scours are abundant off Labrador, but only relict 
scours occur off Nova Scotia, recording a more 
'«'utherly extension of iceberg drifting under full- 
ehcial conditions.

Another example of a glacially influenced passive 
continental margin is the Barents Shelf betwee- 
Spitsbergen and mainland Scandinavia. Geophysics 
studies in this area have revealed striking evidence 
for a Weichselian marine-based ice sheet whicr 
either formed on the shelf or flowed southwards fror 
Spitsbergen (Vorren e t al., 1989, 1990; Solheim t
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Fig. 12.59 Models for sedimentation in various tidewater glacier and ice shelf settings: (a) regimes 1 (outlet glacier) ana 3 
(ice sheet) with melting/freezing base ending as an ice shelf or floating glacier tongue; (b) regimes 2  (valley or outlet gla: 
ier) and 4 (ice sheet) with frozen base ending as an ice shelf or floating glacier tongue; (c) regimes 5 (valley or outlet g:a: 
ier) and 7 (ice sheet) with a melting/freezing base ending as a tidewater front; (d) regimes 6 ( valley or outlet glacier) ana 3 
(ice sheet) with frozen base ending as a tidewater front. Lines A-J show the location of the vertical profiles in Fig. 12.63 
Curves show relative rates of sedimentation for each regime. (From Powell, 1984. Reprinted by permission of Elsevier)
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л . 1990). Fields of flutings have been identified by
* :e-scan sonar on the north-central Barents Shelf in

to 340 m of water, recording the movement of 
, • 'unded, wet-based ice over weak, unconsolidated 

riment (Solheim et al., 1990). In many places, the 
■f-tings are cut across by De Geer moraines and ice- 
' .  rg plough marks, but otherwise they have under-
- ne little modification, suggesting that deglaciation
* - > rapid, possibly by ice sheet destabilization and 
с. л--trophic calving retreat. The stratigraphic archi-
. .:ure of the glacigenic succession on the Barents 

tf elf is complex (Vorren et al., 1989, 1990). In places, 
< ‘ -titied clinoforms are overlain by extensive hori- 
»• "tal diamicton sheets, possibly recording the pro- 
. ’ -Jation of grounding-line wedges and subsequent
9 erriding by grounded ice (Section 11.6.3). Else- 
*• ‘ ere on the shelf, there is widespread evidence for 
я.'  glacial erosion, including a vast areal scour zone
* • ugh which glacier ice was funnelled to the 

*.'tem  shelf edge. At its maximum, the ice sheet
о ended to the shelf break, where large amounts of 
rr \imal glacimarine sediment were deposited by

ting and other gravitational processes. The thick- 
e  sediment sequences are located on the shelf slope 

'mediately below local troughs which acted as effi- 
nent pathways for the transport of debris.

A 5 km thick sequence of glacimarine sediment 
.. >sited at a convergent plate margin is preserved

in the Yakataga Formation in the Gulf of Alaska. 
The Pacific Plate is being subducted northwards 
below the North American continental plate, produc
ing a structurally complex forearc basin (Fig. 12.63). 
Temperate glaciers flowing from the rapidly uplifting 
coastal mountains have delivered large volumes of 
fine-grained sediments to the shelf (Powell and Mol- 
nia, 1989; C.H. Eyles and Lagoe, 1990; N. Eyles, 
1993; Powell and Domack, 1995). The Yakataga For
mation records the rapid infilling of the forearc basin 
on the landward side of an accretionary wedge (C.H. 
N. Eyles et al., 1991; Eyles, 1993). Basin infilling 
has resulted in a shallowing-upward succession from 
deep-water debris flows and turbidites to glacially 
influenced shallow marine facies deposited in a 
‘ponded’ basin. Rapid uplift has raised parts of the 
Yakataga Formation above sea-level, and impressive 
sections can be examined on the south coast of 
Alaska and adjacent offshore islands, most notably 
Middleton Island, where exceptionally well-exposed 
successions have been dated to 1.8—0.7 Myr b p  

(Plafker and Addicott, 1976; C.H. Eyles and Lagoe,
1990). The succession on Middleton Island consists 
mainly of massive and stratified diamicton units 
with associated boulder pavements and coquinas. 
Channel fills of gravelly sand are common at the base 
of the succession, and extensive blankets of mud 
occur at the top. C.H. Eyles and Lagoe (1990) argued
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that the sediments record changing depositional 
environments during full-glacial to interglacial con
ditions, and proposed a threefold interpretive seq
uence (Fig. 12.64):

1. Full-glacial stage. Striated boulder pavements 
indicate that grounded or partially grounded ice 
extended to the shelf edge, although apparently 
no basal tills are exposed on Middleton Island. 
Beyond the ice front, channel-fill associations 
were deposited on the continental slope, possibly 
fed by meltwater debouching from the glacier.

2. Intermediate ice cover. Extensive muddy diamic
ton units were deposited on the shelf, recording 
deposition from icebergs and the settling of sus
pended sediment. The abundance of ice-rafted 
debris suggests that many coastal glaciers reached

tidewater, but did not extend far on to the shelf. A 
present, large quantities of suspended sedimer. 
are carried into the gulf by glacial meltstrean:-. 
and accumulation rates may have been ever 
higher when ice cover was more extensive. Sedi
mentation rates were variable, however, ar._ 
coquinas located on topographic highs indict:, 
that such areas were starved of sediment.

3. Ice minima. Extensive mud drapes with few drcr- 
stones record deposition during interglacial conc - 
tions, when sediment was delivered mainly b;- 
turbid rivers discharging into the gulf. Th. 
restricted amount of ice-rafted debris in these sed
iments indicates that few glaciers had tidewate- 
margins. Such conditions are similar to those 
today and may have been typical of interglaciaJ 
periods in this area.
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: 12.61 Model of a glaciated passive plate margin based upon the eastern Canadian and north-west European conti- 
T~tal shelves. In the absence of marked subsidence, the accumulation of thick Pleistocene glacigenic sediments is restricted. 

В ' :dified from N. Eyles, 1993)

subsiding rift basins contain the thickest 
:-uences of glacimarine sediments. For example,
- Ross and Weddell Sea basins off Antarctica form 
.is of a single rift system that contains a record of 

. -jiation extending back to the Early Oligocene (c.
Myr bp). A  drill core in the McMurdo Sound, 

; ss Sea, reached the base of a 700 m thick glacial 
-,:ion which contains a rich record of glacial fluc- 
.-'.ions and environmental change (Barrett, 1989). 

Г-.е lower part of the succession is dominated by 
---'idites and thin diamictites, and represents the 
' “ II of a deep basin adjacent to the uplifting 

~ _nsantarctic Mountains, whereas the upper part is 
'.-dominantly diamictic and records repeated 

. - ances and recessions of grounded ice across the 
'tinental -shelf. N. Eyles (1993) has made the 

' cresting suggestion that the presence of fast-flow- 
ice streams draining into the Ross Embayment 

duding the intensively studied Ice Stream B) 
:~ects structural controls in this rifted basin.
- n ’ither example of a glacially influenced subsiding 
'.'in  is the North Sea, where the Pleistocene 
-- uence reaches a maximum thickness of c. 920 m
i the central graben (N. Eyles, 1993; Hambrey, 
>V4).

Much of the Earth’s pre-Cenozoic glacial record 
. - been interpreted as glacimarine, and regional 
-Jies of facies variation have been used to recon- 

«raet the palaeogeography of ancient glaciations. A
■ "ough and readable summary of the literature has 

'. rn provided by N. Eyles (1993).

12.5.4 Large proglacial lakes and 
epicontinental seas

During deglaciation of the Pleistocene ice sheets, ice 
margins were commonly in contact with large water 
bodies, either proglacial lakes ponded between the 
ice and topographic barriers, or arms of the sea 
which flooded isostatically depressed and glacially 
overdeepened parts of continental interiors (Fig. 
12.48 (Plate 28)); Section 1.7.2.5; Teller, 1987; Daw
son, 1992). The extent and evolution of many of 
these water bodies have been reconstructed from the 
sedimentary record, in combination with shoreline 
evidence, pollen and microfaunal records, and dating 
programmes (e.g. Hyvarinen and Eronen, 1979; Ero- 
nen, 1983; Bjorck and Digerfeldt, 1986; Teller, 1987, 
1995; Lundqvist, 1989c). This research has shown 
that the presence of large proglacial water bodies 
encouraged rapid ice-margin retreat by calving, and 
may have triggered some episodes of ice advance or 
surges by encouraging low effective pressures below 
the glacier margin (Lundqvist, 1989c; Fyfe, 1990). It 
is therefore important to understand the sedimentary 
record of proglacial lakes and epicontinental seas in 
order to distinguish climatic and non-climatic con
trols on ice sheet behaviour.

Depositional systems in such settings are similar to 
those of continental shelves (Ashley, 1995), although 
there are some important differences:

1. Fresh lake water and brackish shallow marine 
conditions reduce the importance of suspended- 
sediment transport in overflows and interflows, so
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■к "2.62 (a) Huntec DTS profiles of the Scotian Shelf, eastern Canada, showing lift-off (De Geer) moraines overlain by dis- 
■a : acimarine silts, (from King and Fader, 1986) (b) Interpretive diagram of seismic profiles from part of the Scotian Shelf, 
*  ng a major moraine complex and till tongues interbedded with glacimarine silts. (From Josenhans and Fader, 1989. 

nted by permission of the Geological Survey of Canada)

COUNTRY HARBOUR 
MORAINE

I I EMERALD SILT (FACIES B) 
I Ё Э  EMERALD SILT (FACIES A) 

■ i  SCOTIAN SHELF DRIFT 
BEDROCK:
О  TERTIARY-CRETACEOUS 
П Н  ACOUSTIC BASEMENT

; : 12.63 Model of a glaciated active plate margin based upon the Gulf of Alaska basin. Note the tectonic disturbance of 
* '* ck Pleistocene stratigraphy, forming an accretionary wedge and an infilled forearc basin. 1, accretionary wedge; 2, slope 
ic< ns in areas of compressional ridging; 3, outer shelf high above accretionary wedge; 4, shallow marine trough crossing 
' ~ 5, dendritic gully on outer slope.(Modified from N. Eyles, 1993)

that underflow deposits are better represented in 
се-proximal and distal systems (Section 8.3).
In lakes, the seasonal alternation between deposi
tion by underflows in summer and settling of clay 
r articles in winter produces annual varves (Sec- 
::on 10.6.1). Varves form extensive blankets in 
parts of North America, Europe and Scandinavia, 
snd record annual cycles of sedimentation in 
proglacial lakes during deglaciation (De Geer, 
1912; Sauramo, 1923; Ashley, 1975; Brodzi-

kowski and van Loon, 1991). When studied in 
combination with moraine sequences and biostrat- 
igraphic data, varves can yield very detailed chron
ologies, allowing deglaciation histories to be 
constructed at a resolution not often possible for 
terrestrial settings.

3. Proglacial water bodies are prone to sudden 
changes in water level, as a result of the opening 
and closing of outlets by glacier margin fluctua
tions and periodic jokulhlaups and recharge events



Fig. 12.64 Model of glacima
rine sedimentation on the 
continental shelf, Gulf of 
Alaska, based upon the 
stratigraphic succession on 
Middleton Island: (A) maxi
mum ice cover; (B) intermedi
ate ice cover; (C) minimal ice 
cover (similar to the present 
day). (From C.H. Eyles and 
Lagoe, 1990. Reproduced by 
permission of the Geologica 
Society of London)

A. ICE MAXIMA

B. INTERMEDIATE ICE

- DIAMICT
- COQUINAS 
-TURBIDITES

C. ICE MINIMA

- MUD BLANKET

-BOULDER PAVEMENTS 
-CHANNEL FILLS

Fig. 12.65 The Salpausselka I, II and III moraines of southern Finland and associated eskers. Inset: reconstructed palaeo- 
geography at the time of their deposition. (From Fyfe, 1990, after Eronen, 1983. Reprinted by permission of Scandinavian 
University Press)
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Section 3.5). Cyclic water level changes can be 
'ecorded by discrete sediment packages bounded 
-30ve and below by erosion surfaces (Section 
12.5.1; Fig. 12.2), and can add considerable com- 
~.exity to stratigraphic sequences associated with 
z.acier fluctuations (Mastalerz, 1990; Martini and 
Brookfield, 1995).

■* Proglacial lakes and epicontinental seas can re
ceive substantial amounts of sediment from rec
ently deglaciated land-surfaces surrounding the 
?asin as well as from the glacier margin (Martini 
Jid Brookfield, 1995). In lakes and arms of the sea, 
even ice-distal parts of the basin can receive coarse 
~ver-borne sediment. Sediment sequences at basin 
margins can consist of interfingering assemblages 
derived directly from the ice and from the degla- 
c lated area, and may contain a combined record of
• ater level changes and ice margin fluctuations.

fr southern Scandinavia and North America, some 
т _;or moraine systems were deposited at the margins 
if proglacial lakes and epicontinental seas during 
'--ises in the retreat or readvances of the last ice 
« ‘ rets (e.g. Falconer et al., 1965; Fogelberg, 1970; 
R laire-Marcel et al., 1981; Aylsworth and Shilts, 
1 - -9b; Fyfe, 1990; Brandal and Heder, 1991). Some
ii :he moraine systems record climatically controlled 
‘ .illations of the ice margin. For example, the 

S.. pausselka moraines in southern Finland delimit the 
“ -.'gins of a large ice lobe that advanced into the deep 
*_:ers of the Baltic Ice Lake during the Younger 
_.-as (Fig. 12.65; Lundqvist, 1989c; Fyfe, 1990; Fas- 

k and Holmlund, 1994; Section 1.7.2.4). The Sal- 
: -_:sselka moraines are composed almost entirely of
- . -contact glacifluvial and glacilacustrine sediments 
..■■osited in a variety of water depths. Fyfe (1990)
" wed that the depositional systems making up the 
_:ermost moraine (Salpausselka I) show systematic 
. ationships with water depth and the inferred 

‘ > drology of the ice sheet margin. Where the ice ter- 
‘ nated in shallow water, the moraine consists of dis- 
‘ :te grounding-line fans or deltas connected to large
• er networks, recording sediment delivery via con- 

д. its (R-channels, Section 3.4.2). Sedimentation was 
cased around channel exits, allowing deposits to 

■'-.id up to water level in places. In contrast, where 
r.<e ice terminated in deeper water (e.g. 40-100 m, 

-th-west of Hyvinkaa, Fig. 12.65), the moraine 
rms a narrow, nearly continuous ridge, and feeder 

; ker systems are absent. Sediment was delivered to 
r. e ice margin at many points by a distributed sub- 
£ - rial drainage system, possibly a braided canal net- 
** rk. Fyfe (1990) argued that distributed drainage 

-iems developed below the ice lobe where submar- 
£ nal water pressures were increased by deep water at 
ie terminus. Spatial differences in subglacial 
: '-inage may have influenced ice dynamics, and

caused local variations in ice margin behaviour which 
were unrelated to climatic forcing (Lundqvist, 1989c; 
Sharp, 1992; Fastook and Holmlund, 1994).

Some moraine systems deposited during pauses 
in the retreat of the Pleistocene ice sheets appear to 
have been controlled by spatial and temporal changes 
in water level rather than climatic events. For 
example, moraines such as the Lac Daigle-Manitou- 
Matamek moraine, the Roulier moraine, and the 
600 km long St Narcisse moraine in eastern Canada 
are located on topographic highs where the retreating 
Wisconsinan ice margin became temporarily 
anchored (Hillaire-Marcel and Occhietti, 1980). 
Other moraines apparently formed when ice margins 
stabilized following a drop in water level. For exam
ple, the 500 km long Sakami moraine in Quebec 
documents subaqueous deposition in response to 
changing water depths along the western margin of 
the receding Labrador sector of the Laurentide ice 
sheet (Fig. 12.66; Fig. 1.60 (Plate 9)). As the Hudson 
Bay and Labrador sectors became separated at 
approximately 8.1kyr bp, they began calving into 
proglacial Lake Ojibway (Dyke and Prest, 1987; 
Vincent, 1989). Water depths were suddenly reduced 
when, at approximately 8kyr bp, the Hudson Bay 
sector receded enough to allow Lake Ojibway to 
drain northwards into the Tyrrell Sea, which was the 
precursor to the present Hudson Bay. The new Tyrrell 
Sea depths were some 200 m shallower than those 
of Lake Ojibway, and the sudden drop in water level 
apparently caused a halt in the retreat of the western 
margin of the Labrador sector, allowing the Sakami 
moraine to build up while the ice sheet profile read
justed to the new situation. Hillaire-Marcel et al. 
(1981) proposed the term re-equilibration moraines 
for moraines formed in such circumstances. Exten
sive closely spaced, smaller moraines occur on both 
sides of the Sakami moraine, documenting active 
retreat at rates of 173-239 m yr 1 in Lake Ojibway 
and then at 200 m yr 1 in the Tyrrell Sea (Mawdsley, 
1936; Norman, 1938; Shaw, 1944; Ignatius, 1958; 
Vincent, 1977, 1989).

Spatial and temporal relationships between deposi
tional systems show that some Pleistocene ice lobes 
underwent rapid retreat by calving into deep lakes or 
arms of the sea. As we saw in Section 8.2.5, cata
strophic retreat is likely where thinning ice occupies 
an overdeepened basin, and the ice margin retreats 
into deepening water. Evidence for rapid ice sheet 
retreat and marine flooding in the Irish Sea basin has 
been presented by N. Eyles and McCabe (1989a,
1991). Complex assemblages of glacigenic sediments 
and landforms occur on the floor of the Irish Sea and 
on the adjacent land surfaces, formed during the 
advance and retreat of the Late Devensian British ice 
sheet. According to Eyles and McCabe, the glacial 
stratigraphy of the basin can be resolved into sub-
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(a)

(b)
Fig. 12.66 (a) Location of the Sakami moraine and con
temporaneous ice margins; (b) schematic ice margin behav
iour during the formation of the Sakami moraine. (From 
Hillaire-Marcel et al., 1981. Reproduced by permission of 
the Geological Society of America)

glacial and glacimarine depositional systems and 
used to reconstruct shifting environments during 
deglaciation (Fig. 12.67). The subglacial landsystem, 
consisting mainly of drumlins and other streamlined 
landforms, is linked stratigraphically in a down-ice 
direction to morainal bank complexes, which in turn 
grade distally into glacimarine sediments overlying

earlier subglacial sediments in the Irish Sea (C.H 
Eyles and N. Eyles, 1984a; McCabe et al., 1987; N 
Eyles and McCabe, 1989b, 1991; McCabe anc 
Haynes, 1996). The stratigraphic relationships bet
ween the terrestrial and marine depositional system' 
can be used to establish an event stratigraphy for the 
basin, describing the sequence of deglaciation anc 
sea-level change (Fig. 12.68). N. Eyles and McCabe 
(1989a) concluded that high relative sea-levels causec 
by isostatic subsidence of the basin helped to trigger 
rapid calving retreat of the ice margin. In turn, this ini
tiated draw-down and fast streaming of glacier ice in 
the lowlands surrounding the northern margins of the 
basin, resulting in subglacial streamlining of sedimen: 
into extensive drumlin fields (Fig. 12.69 (Plate 30 j 
The stabilization of ice margins at approximately the 
present-day coastline of the Irish Sea basin resulted in 
the deposition of morainal banks at the outer edges o: 
the drumlin fields. This interpretation of the glacia. 
geology of the Irish Sea basin has been criticized, anc 
questions remain regarding the significance of some 
critical sites (e.g. Thomas and Dackombe, 1985 
Dackombe and Thomas, 1991; Huddart, 1991, 199- 
McCarroll and Harris, 1992; Walden, 1994). The 
event stratigraphy proposed by N. Eyles and McCabe 
(1989a, 1991) may need to be revised in certain 
respects, but it remains a powerful framework for 
understanding the processes and patterns of environ
mental change at the termination of the last glaciation 
(McCabe, 1996).

12.6 GLACIATED VALLEY 
LANDSYSTEMS
Valley glaciers produce very distinctive assemblage' 
of sediments and landforms, which were referred tt 
as the glaciated valley landsystem by Boulton anc 
Eyles (1979) and N. Eyles (1983d). In fact, the gla
ciated valley landsystem may contain ice-marginai 
supraglacial, subglacial, proglacial and subaquati. 
landsystems in close proximity to or superimposec

Calving into 
Lake Ojibway

LAKE OJIBWAY V 
TYRRELL SEA ••

SITE OF THE 
SAKAMI MORAINE

3. Mud Drape 2. Stratified Glaciomarine 1. Morainal Bank Mud Drape Marine Limit

Topography

Fig. 12.67 The generalized stratigraphic relationship between the subglacial landsystem and glacimarine sediments of the 
continental sheif landsystem based upon deposits in the central Irish Sea basin according to N. Eyles and McCabe (1989a 
(Reproduced by permission of Elsevier)



Fig. 12.68 Irish Sea palaeo- 
geography during the late 
Devensian glaciation, show
ing (A) ice flow and dispersal 
centres, and (B) the final 
stage of disintegration by 
calving. (From N. Eyles and 
McCabe, 1989a. Reproduced 
by permission of Elsevier)
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Fig. 12.69 Block diagram of a valley glacier in 'low-relief' mountain terrain. 1: Supraglacially entrained debris. 2: Periglacial 
trimline above ice-scoured bedrock. 3: Medial moraine. 4: Fluted till surface. 5: Paraglacial reworking of glacigenic deposits. 
6 and 7: Lateral moraines, showing within-valley asymmetry
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H  ne another, recording the migration of very dif- 
"* - ~t depositional environments. Thus, many of the 
л : 'itional models described in Sections 12.3-12.5 

■ -  be applied to glaciated valleys, with appropriate 
■»a:fications to account for differences in scale and
■  "ographic setting. Glaciated valley settings are, 
» «ever, unique, owing to the importance of valley
•  -r- as debris sources and topographic confinement 
и :epositional basins. The influence of these factors

p-ies from valley to valley, and it is useful to subdi- 
»• glaciated valley landsystems into low-relief and 
Ti _ ‘-relief types. Low-relief settings include valleys
■ -ncient mountain belts where the vertical distance 
fc.veen valley floor and summit ridges is generally

- than 1000 m (e.g. the glaciated valleys of Scot- 
Norway and Labrador). High-relief settings are 

cli .racterized by extensive steep valley sides rising 
г usands of metres above the valley floor. Such 

ironments are commonly associated with young
■ tectonically active fold mountains such as the 

i-ropean and New Zealand Alps, the High Andes
i the Himalaya, where relative relief may be 

5»:oo m or more. It should be emphasized, however,
• : the high- and low-relief classification is applied 

ж :he scale of individual valleys, and that both types 
n-v occur within a single mountain massif (e.g.
0  ; en and Derbyshire, 1989, 1993).

*2,6.1 Low-relief mountain 
environments

2.6.1.1 SUBGLACIAL SEDIMENTS AND 
--NDFORMS
_ ley glaciers in low-relief mountain terrain carry rel- 

. ely small amounts of supraglacial debris, so that 
-^glacial landsystems commonly escape burial dur- 
r deglaciation and may be very well exposed at the 

-rface(Fig. 12.69 (page 606); N.Eyles, 1979). Indeed, 
e beds of some former valley glaciers are so clearly

■ served that they provide splendid opportunities to 
jdy subglacial systems at several scales, from that of 
e bed roughness up to the entire glacier system (e.g.

' -.arp et al., 1989a; Benn, 1991; Hubbard and Sharp, 
■J93). Figure 12.70 shows the bed of a former cirque 

. _cier on the Isle of Skye, Scotland. Broadly, the bed
- :n be divided into three zones which occur in 
cquence from the head of the glacier to the snout:

Erosional zone. The upper part of the cirque floor 
is characterized by extensive areas of ice-moulded 
bedrock, recording net erosion of the bed. Striae, 
roches moutonnees and an overdeepened rock 
basin document abrasion and quarrying of the bed 
by sliding, debris-charged basal ice.

1 Intermediate zone. The erosional zone passes 
downvalley into an intermediate zone where there

is evidence for both erosion and deposition. Till 
deposits are thin and discontinuous, and are res
tricted to the swales between roches moutonnees. 
This distribution may reflect debris streaming 
between obstructions (Boulton, 1982). Lee-side 
cavity fills occur on the downglacier flanks of rock 
knobs.

3. Depositional zone. This zone is in the lower part 
of the cirque, and is characterized by continuous 
till cover. The till is overconsolidated and has a 
fissile structure, and is interpreted as lodgement 
till or high-strength, brittle deformation till (Sec
tions 10.3.2 and 10.3.4). On aerial photographs, 
the till has a faintly lineated surface, although flut- 
ings are not easily recognizable on the ground.

These three zones bring to mind the patterns of sub
glacial erosion and deposition associated with conti
nental ice sheets, albeit on a much smaller scale 
(Section 12.4), and record downglacier transport of 
debris towards the margin. Tills deposited on the 
beds of former valley glaciers have been studied by 
Levson and Rutter (1989a, b), Rose (1989b), Benn 
(1994a), and others.

In situations where glaciers extended from the 
confines of valleys on to fringing lowlands, the depo
sitional zone can resemble the soft-bed subglacial 
landsystem described in Section 12.4.2.2, with drum- 
linized surfaces underlain by deformation tills and 
glacitectonites (Rose, 1981, 1987b; Rose and Letzer, 
1977; Thorp, 1991; Benn and Evans, 1996). Exam
ples of this type of landsystem occur around the 
margins of the Scottish Highlands, where piedmont 
glaciers flowed into sediment-floored lowlands dur
ing the Younger Dryas (Ballantyne, 1989; Thorp, 
1991; Benn, 1992b: Benn and Evans. 1996).

12.6.1.2 TRIMLINES AND WEATHERING ZONES

The upper limits of glacier occupancy in glaciated 
valleys can be preserved as erosional ‘tidemarks’ , or 
trimlines, on valley sides (Fig. 12.69 (page 606); 
Flint, 1971). In recently deglaciated terrain, trimlines 
are often instantly recognizable from differences in 
vegetation cover either side of the former glacier 
limit. Below the limit, all pre-advance vegetation has 
been stripped off, leaving bare rock, glacigenic 
deposits and sparse pioneer vegetation; whereas 
above the limit, diverse plant communities or even 
forests record a much longer period of vegetational 
development. With the passing of centuries, such 
vegetation trimlines become harder to recognize, as 
plant communities within glacier limits approach the 
local climax vegetation. As a result, vegetation trim
lines are not preserved in landscapes that have been 
deglaciated since the early to mid-Holocene. In older 
glacial landscapes, periglacial trimlines may be pre-
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served where frost-shattered terrain on upper slopes 
gives way abruptly to ice-scoured bedrock on lower 
ground (Fig. 12.71). Such trimlines owe their origin 
to the removal of pre-existing regolith by a glacier 
advance and/or periglacial weathering of the upper

slopes during the period of glacier occupancy. Sev
eral criteria may be used to identify periglacial trim
lines, including: (a) the distribution of landforms 
such as roches moutonnees, and periglacial block- 
fields and tors (Thorp, 1981, 1986; Porter and

(a)

Fig. 12.70
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: g. 12.70 (a) Geomorphological map of Coire Lagan, Isle 
:* Skye, Scotland, showing the distribution of ice-scoured 
:-crock and basal till formed during the Loch Lomond 
: advance (Younger Dryas). In the upper part of the valley, 
;rge areas of bedrock are blanketed by postglacial scree: 1 , 
~:st-shattered rock walls; 2, scree; 3, ice-scoured rock with 

ae; 4, rock basin lake; 5, basal till; 6 , lee-side cavity fill; 7, 
-t ngs; 8, moraine ridges and mounds. Contours in metres. 

: View of the upper part of Coire Lagan showing rock 
:^aks and ice-scoured bedrock. (Photo: C.K. Ballantyne)

>rombelli, 1982; Ballantyne, 1990b); (b) the depth 
: : rock joints, which tend to be deeper above a trim- 
~.e (Ballantyne, 1982b); (c) an abrupt downslope 
mit to the distribution of long-term weathering 

rroducts, such as the clay mineral gibbsite (Ballan- 
ne, 1994; Ballantyne and McCarroll, 1995); and 

di small-scale weathering characteristics, such as
■ vk texture and intact hardness (Ballantyne and 
■IcCarroll, 1995). The clarity of trimlines varies with
■ ck type and structure, and the degree of postglacial
• eathering and slope activity. The clearest trimlines

_re to be found on spurs composed of resistant crys- 
Jilline rocks, where they may be pinpointed to within 

'm or less (Thorp, 1981; Benn, 1989b). Former 
■unataks may also be delimited by ice-marginal 
~ioraines (Fig. 12.72).

Other explanations have been proposed to account 
" 'r downslope weathering limits on mountain slopes. 
-1 Weathering limits could be explained by former 

-ltitudinal climatic gradients, with the most intense 
eathering occurring on the upper slopes, where cli

matic conditions were most severe. Such weathering 
gradients, however, should be gradual, whereas trim- 
:nes are generally abrupt. Additionally, trimlines 
ypically have marked downvalley gradients that 
record the former glacier surface, while altitudinal
■ eathering zones should be subhorizontal over large 
iistances, (b) Some transitions between periglacially 
■■ eathered and ice-scoured terrain may represent the 
unction between cold-based and wet-based ice

below an ice sheet. In this case, the preservation of 
periglacially weathered terrain on high ground can 
be attributed to protection below thin, cold-based ice, 
whereas glacial erosion on lower ground could have 
occurred below thicker, wet-based ice (Section
9.5.6). Such ‘thermal trimlines’ should be elevated 
on the upglacier sides of high ground and depressed 
on the downglacier sides, owing to the effect of lon
gitudinal stresses on the pressure melting point of ice. 
In contrast, periglacial trimlines have smooth reg
ional gradients consistent with theoretical ice sheet 
profiles (Ballantyne and McCarroll, 1995).

Taken together with lateral moraines and other ice- 
marginal landforms, trimlines allow the dimensions 
of former valley glaciers to be reconstructed with 
considerable accuracy, yielding important input for 
glaciological models or palaeoclimatic studies 
(Porter and Orombelli, 1982; Duk-Rodkin et al., 
1986; Ballantyne, 1989; Thorp, 1991). Good exam
ples of periglacial trimlines have been described by 
Thorp (1981, 1986) and Ballantyne (1989), who used 
the distribution of periglacial and glacial landforms 
to determine the limits of Loch Lomond (Younger 
Dryas) Stadial glaciers in Scotland. More recently, 
Ballantyne (1990b, 1994) and Ballantyne and McCar
roll (1995) have shown that there is an older, higher 
set of trimlines in Scotland, marking the upper limit 
of the last (Late Devensian) ice sheet. Thus, three 
weathering zones can be recognized, (a) Above the 
upper trimlines, blockfields and gibbsitic soils repre
sent the weathered surfaces of nunataks that stood 
above the ice surface. Weathering has proceeded at 
least since the penultimate glaciation, (b) At lower 
altitudes, but outside the Loch Lomond Readvance 
limits, is a zone of ‘frost-fretted’ terrain, in which 
rock surfaces display the gross forms of glacial ero
sion but have been subject to minor joint widening 
and disaggregation by periglacial weathering since 
ice sheet deglaciation, (c) Within the limits of the 
Loch Lomond Readvance, rock surfaces have been 
subject to weathering only in the Holocene, and 
glacial features are well preserved.

The recognition of weathering zones is an impor
tant method of correlating glacial limits where there 
is a lack of datable material. For example, multiple 
glaciations of the Torngat Mountains and fjords of 
northern Labrador, Canada, have been differentiated 
on the basis of weathering zones and glacial geo
morphological evidence (Ives, 1978; Evans and 
Rogerson, 1986; Clark, 1988). During successive 
glaciations in this region, trunk glaciers occupied 
progressively lower positions on fjord and trough 
walls, and ice-marginal accumulations deposited by 
these glaciers are more intensely Weathered with age 
(Boyer and Pheasant, 1974; Dyke, 1979; Fig. 12.73). 
The degree of weathering of lateral moraines has also 
been used by Burbank and Kang (1991) to establish
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1 Frost-riven bedrock
2 Fossil scree
3 Stone-banked solifluction lobes
4 Tor-like summit
5 Solifluction sheet
6 Turf-banked solifluction terraces
7 Blockfield
8 Debris-strewn slope
9 Thick gullied till

10 Boulder spread
11 Hummocky moraine
12 Roches moutonees
13 Till
14 Ice-moulded bedrock

Fig. 12.71 Schematic diagram of periglacial trimlines and drift limits, based upon Scottish examples. The dashed line repre
sents the upper limit of the most recent glaciation in this glaciated valley landsystem and separates the ice-scoured bedrock 
and drift at lower elevations from the higher-altitude frost-shattered periglacial terrain. (From Thorp, 1986. Reproduced by 
permission of Norwegian University Press)

a relative glacial chronology for the Rongbuk Valley 
to the north of Mount Everest.

12.6.1.3 ICE-MARGINAL MORAINES AND 
RELATED LANDFORMS
The margins of valley glaciers in low-relief mountain 
areas are commonly delimited by latero-frontal 
dump and push moraines (Fig. 12.70a). In the Scot
tish Highlands, such moraines are typically 2-5 m 
high, although they may be a few tens of metres high 
where abundant debris was available (Sissons, 1967, 
1977a; Ballantyne, 1989; Benn, 1990, 1992b). Little 
Ice Age moraines in the Norwegian mountains have 
a similar range of sizes (Matthews and Petch, 1982). 
Moraine characteristics are strongly influenced by 
catchment lithology, and in valleys underlain by 
resistant, crystalline rocks, lateral moraines may be 
little more than ridges of boulders. In contrast, thrust 
moraines may occur where glaciers come into con
tact with thick, unconsolidated sediments such as

glacimarine clays and silts (e.g. Gray and Brooks, 
1972; Benn and Evans, 1993). Meltwater deposition 
at some glacier margins is recorded by ice-marginal 
ramps and fans.

Lateral moraines may be much larger on one 
valley side than the other, a phenomenon known as 
within-valley asymmetry (Fig. 12.74; Matthews and 
Petch, 1982). At least four causes of within-valley 
asymmetry have been identified, (a) Lateral moraines 
may be best-developed on valley sides where there 
are extensive rock walls, which supply larger 
amounts of debris to that side of the glacier 
(Matthews and Petch, 1982; Benn, 1989b). Debris 
may be delivered to the glacier directly via rockfalls 
or indirectly by the subglacial incorporation of pre
glacial screes. Thus, in this case, within-valley asym
metry records differential slope retreat of the valley 
sidewalls. The orientation of rockwalls may reflect 
climatic factors such as the amount of direct insola
tion or patterns of snow-blow and accumulation, (b) 
Where lateral moraines are formed by pushing of pre
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Fig. 12.72 Aerial photograph stereopair of moraines and 
drift limit isolating a nunatak in the Glenlyon area, Yukon 
Territory, Canada. (From Duk-Rodkin et al., 1986. Repro
duced by permission of the Geological Survey of Canada)

existing materials, within-valley asymmetry could 
result from differences in the thickness and type of 
sediment on the foreland (Matthews and Petch,
1982). (c) Cross-valley differences in lithology or 
structure can influence rates of debris supply, to 
either the surface or the bed of the glacier (Benn,
! 990). (d) Within-valley asymmetry may occur due 
:o differences in glacier dynamics on either side of a 
valley (Bennett and Boulton, 1993a). For example, if 
one side of a glacier maintains a stable position for 
several seasons, a large moraine can be deposited, 
but if the other margin is in overall retreat, the glac
ier may leave a series of smaller moraines. In this 
case, the amount of debris deposited on each valley 
side may be the same, but an impression of asymme
try arises because deposition on one side is focused 
on a smaller area. Cross-valley differences in glacier 
behaviour may be due to climatic factors, such as the 
amount of shading.

According to N. Eyles (1979, 1983b), the majority 
of the debris transported by valley glaciers is derived 
:rom mass wasting of valley walls. However, in many 
iow-relief glaciated valleys, subglacially entrained 
debris may be of equal or greater importance. For 
example, Benn (1992b, 1993) used clast lithological 
analysis to show that Lateglacial moraines in many 
glaciated valleys on the Isle of Skye, Scotland, are 
composed predominantly of debris eroded from the 
bed (Fig. 12.75). In these cases, subglacial debris 
entrainment appears to have been most effective

Weathering Zones - Theoretical Applications

PSL-present sea level GSL - glacial sea level 
У///Л ice at max. of last glaciation
111 11II .................penultimate glaciation
f lH  Koroksoak weathering zone 
t-.'vl Komaktorvik

ice at max. of Komaktorvik glaciation 
I I Torngat weathering zone

A Nain-Okak section 
В Nachvak 
С Inugsuin - Eclipse »

from Ives (1978)

Fig. 12.73 A selection of cross-profiles through the Torngat 
Mountains/eastern seaboard of Labrador and Baffin Island, 
Canada, illustrating the inset weathering zones associated 
with multiple glaciations of various ages. Note that the old
est (Torngat) weathering zone represents nunataks that lay 
above the upper margins of the oldest (Komaktorvik) 
glaciation. (Modified from Ives, 1978)

below the glacier margins and in areas underlain by 
well-jointed rocks.

Glacier retreat in low-relief mountain environments 
may be recorded by recessional moraines superim
posed on subglacial sediments and landforms. The 
size and spacing of such moraines reflect the avail
ability of debris and the frequency and duration of 
standstills or readvances of the margin (N. Eyles, 
1979). Rapid retreat will result in a thin, patchy 
veneer laid down on the subglacial surface, except 
where debris cover was high, such as along medial 
moraines. The most prominent fossil medial 
moraines generally extend downvalley from spurs 
between confluent valleys (Section 11.4.1).

In some areas, the lower slopes and floors of val
leys are choked by complex assemblages of mounds 
and ridges. In Scotland, such assemblages were 
classified as ‘hummocky moraine’ by J.B. Sissons 
and co-workers (e.g. Sissons, 1967, 1974c. 1977b), 
and interpreted as chaotic products of glacier stag-



12.74 Map of Coire a'Ghreadaidh, Isle of Skye, Scotland, showing within-valley asymmetry of lateral moraines. (From Benn, 1989b. Reproduced by permission



Fig. 12.75 Evidence for 
subglacial erosion of debris 
during the Loch Lomond 
Stadial, Coire na Creiche, 
Isle of Skye, Scotland, (a) 
Glacial landforms and 
debris lithology. The pie- 
charts show the lithology of 
large surface boulders 
(samples 1-8) and clasts 
within moraine ridges (sam
ples 9-16). Key: 1: Gabbro; 
2: Basalt; 3: Acid breccia; 4: 
Rhyolite; 5: Feldsparphyric 
dolerite; 6: Trachyte; 7: 
Moraine ridges and 
mounds; 8: Glacially trans
ported boulders; 9: Debris 
fans; 10: Outwash terraces. 
The cirque backwalls are 
composed mainly of gabbro 
and basalt, and the other 
lithologies crop out on the 
cirque floor, (b) Reconstruc
tion of the Coire na Creiche 
glacier during deglaciation. 
A: glacier limit; B: gabbro 
boulders delivered from 
cirque backwalls; C: accu
mulation of scree at glacier 
margins; D: moraines com
posed of debris eroded 
from the bed. (From Benn, 
1992b)
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Fig. 12.76 Recessional 
moraines, Glen Arroch, 
Isle of Skye, Scotland. 1, 
moraine ridges and 
mounds; 2, fluted mor
aines; 3, bench; 4, trim- 
line; 5, boulders; 6, 
striae; 7, glacier limit. 
(From Benn, 1992b)

nation. Recently, however, much of this so-called 
‘hummocky moraine' has been shown to consist of 
closely spaced recessional moraines (Fig. 12.76; 
Benn, 1990, 1992b, 1993, 1996b; Bennett and 
Glasser, 1991; Bennett and Boulton, 1993a, b; Ben
nett. 1994). The moraines commonly form converg
ing cross-valley pairs of sharp-crested ridges and 
chains of hummocks up to 12 m high but mostly 
only 2-3 m. The ridges have an undulating long pro

le. which is responsible for the hummocky appear- 
_ r:e  when viewed from the ground. The 
-edimentology, cross-profiles and planforms of the

moraines indicate that they are dump and push 
moraines, with varying amounts of larger-scale 
proglacial tectonics. This evidence shows that the 
moraines were formed during oscillations of the ice 
margins during active retreat, rather than wide
spread stagnation, and underlines the importance of 
making detailed observations at a range of scales 
when assessing the environmental significance of 
glacial landforms (Benn et al., 1992; Bennett and 
Boulton, 1993b; Bennett, 1994; Benn, 1996b». 
Local and regional patterns of moraine ridges have 
been used to reconstruct the deglacial history of the
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le of Skye and the northern Scottish Highlands 
. -ring and following the Younger Dryas Stade (Sec- 
b  n 1.7.2.4). The reinterpretation of Scottish ‘hum-
• леку moraine’ as the products of active glacier 
; treat essentially marks a return to the ideas of 

: — ly researchers such as T.F. Jamieson (1874) and 
K. Charlesworth (1956). A good review of the

debate surrounding the origin of Scottish moraines 
has been provided by Bennett (1994).

Assemblages of chaotic hummocky moraine may 
occur in pockets within fields of recessional 
moraines, possibly as a result of the isolation and 
stagnation of sediment-covered ice remnants (Benn, 
1992b). The occurrence of chaotic hummocky

Fig. 12.78



616 G la c ia tio n

(с)
Fig. 12.78 Loch Lomond (Younger Dryas) Stadial ice- 
dammed lakes in Scotland, (a) Reconstruction of the 
Achnasheen ice-dammed lake, showing the location of 
deltas and subaqueous moraines: 1, glacier margin; 2, lake; 
3, delta; 4, moraine (From Benn, 1996a); (b) reconstruction 
of the Glen Roy lake (from Sissons, 1979d); (c) the Parallel 
Roads of Glen Roy: fossil lake shorelines. (Photo: D.l. Benn)

moraine is not necessarily indicative of widespread 
glacier stagnation, as was once thought, and many 
examples of hummocky moraine have been observed 
at active ice margins (e.g. Okko, 1955; Vikingsson, 
1978; Kaldal, 1978; N. Eyles, 1979, 1983b). Large 
areas of hummocky moraine can be produced by 
incremental marginal stagnation, whereby chaotic 
moraines are deposited in a 10-500 m wide marginal 
zone of debris-mantled ice which retreats upvalley 
during deglaciation (Charlesworth, 1957; N. Eyles, 
1983b, d). Transverse lineations may be constructed 
subsequently within the chaotic hummocky moraine 
by thrusting by more active ice upglacier. Assem
blages indicative of more general stagnation do occur 
on some flat-lying valley floors, although they are 
rare (Benn, 1992b). Such assemblages may consist 
of chaotic hummocky moraine inset within ‘stair
cases’ of subhorizontal kame terraces.

12.6.1.4 PROGLACIAL LANDFORM 
ASSEMBLAGES

Following glacier retreat, ice-marginal and supra- 
glacial landforms are subject to paraglacial rework
ing (Section 7.6), but not to such a large degree as in 
high-relief mountain environments. Paraglacial 
reworking is particularly intense at the foot of gullies 
which focus meltwater and snow avalanches, and in 
such locations glacigenic deposits are commonly 
reworked into debris fans and cones (Ballantyne, 
1995; Ballantyne and Benn. 1996). Where slopes are 
steep, moraines may be completely destroyed, leav
ing a mantle of debris-flow diamictons (Ballantyne 
and Benn, 1996). Benn (1990) found that on the Isle

of Skye, the maximum slope angle on which 
Lateglacial moraines are preserved is c. 20°, and sed- 
imentological evidence indicates that on steeper 
slopes, debris reworking occurred shortly after 
deglaciation. Rock glaciers have been described from 
many low-relief mountain environments (e.g. N. 
Eyles, 1978b; Giardino et al., 1987; Ballantyne and 
Harris, 1994). Rock glaciers form where debris sup
ply is high relative to snowfall, so in low-relief 
mountain ranges where debris supply is relatively 
low, rock glaciers tend to occur in the more arid areas 
(Fig. 12.77 (Plate 31)). This appears to be the case in 
Scotland, where the highest density of Lateglacial 
rock glaciers is in the Cairngorm Mountains in the 
drier, eastern part of the Highlands (Ballantyne and 
Harris, 1994).

Glacifluvial deposits are commonly well pre
served in low to moderate-relief glaciated valleys. 
The focusing of meltwater flow by valley sides 
results in the erosion of gorges or the deposition of 
ribbon-like valley trains along valley axes, where 
subglacial or ice-marginal landsystems tend to be 
buried or reworked. Maizels (1995) has mapped the 
valley train in front of the Glacier des Bossons in 
the French Alps, where glacifluvial activity has 
almost completely reworked any ice-marginal 
deposits. River terraces are striking components of 
many glaciated valley landscapes (Section 
11.5.1.1). Staircases of terraces occur along the 
floors of many glaciated valleys, and the highest 
members may show signs of ice-marginal deposi
tion (kame terraces', Section 11.4.5). Younger, 
lower terraces record deposition and erosion by 
proglacial meltwater and, in deglaciated basins, 
postglacial streams. In some instances, terraces can 
be correlated on the basis of their weathering char
acteristics and soil development (e.g. Robertson- 
Rintoul, 1986).

Ice-dammed lakes are common in many mountain
ous environments, as a result of the blocking of side 
or trunk valleys by expanded glacier tongues (Section
3.2.4.3). Good examples of landform and sediment 
assemblages formed in Pleistocene ice-dammed 
lakes are found in Glen Roy and near Achnasheen in 
the Highlands of Scotland (Fig. 12.78; Sissons, 1978. 
1979d, 1981; Benn, 1989a, "l996A). In Glen Roy. 
water level was controlled by cols on the watershed, 
and the lake waters rose and fell as successive cob 
were blocked by glacier advance or exposed b\ 
retreat. The former water levels are recorded by ven 
prominent shorelines known locally as the ‘Parallel 
Roads’, which remain strikingly clear after approxi
mately 10,000 years of weathering and erosion. A: 
Achnasheen, lake level was controlled by an ice dam. 
and was consequently probably less stable. Thi> 
appears to be reflected in the shorelines, which are 
much more numerous and less distinct than those a:



Landsystems and  M egageom orpho logy 617

jlen Roy (Benn, 1989a). At both locations, assem- 
'iages of morainal banks, deltas and distal glacila- 
--strine sediments preserve a record of glacier 
'uctuations and shifting depocentres during the lifes- 
ran of the lakes. Moraine-dammed lakes tend to be 
'datively unimportant components of low-relief 
; lariated valley environments, because of the typi- 
. ally small volumes of sediment in end and reces-
- onal moraines.

12.6.2 High-relief mountain 
environments
In high-relief mountain environments, the floors of 
-lariated valleys are commonly filled by very large 
volumes of sediment, particularly in tectonically 
active ranges such as the Southern Alps of New 
Zealand, the Himalaya and the Andes, where sedi
ment yields are high (Fig. 12.79 (Plate 32); Fig.

12.80; Owen and Derbyshire, 1989, 1993; Clapper- 
ton, 1993; Owen, 1994; Kirkbride, 1995a).

Valley glaciers in high-relief settings typically 
have extensive covers of supraglacial debris, and 
sedimentation around glacier margins forms large 
latero-frontal dump moraines and ice-contact fans 
and ramps (Fig. 12.79 (Plate 32)); Humlum, 1978; 
Boulton and Eyles, 1979; Small, 1983; Owen and 
Derbyshire, 1989, 1993; Owen, 1994). Such land- 
forms can constitute major barriers to glacier flow, so 
that repeated glacier advances may terminate at the 
same location and contribute to moraine-building, 
resulting in very large landforms which can exceed 
100m in height (Section 11.3.3). A depositional 
model for the margins of debris-covered glaciers has 
been presented by Owen and Derbyshire (1988, 
1993), who termed it the Ghulkin-type association 
after the glacier of that name in the Karakoram 
Mountains (Fig. 12.80). The ice-contact sediments

LITHOLOGY AND GRAIN SIZE
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Pebbles & Cobbles 

Bouldery Diamicton 

Silty Diamicton 

Sandy Diamicton 

Silty Pebbly Sediment 
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Bedrock

(Lithofacies codes after Eyles et al 1983)

SEDIMENTARY STRUCTURES & 
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support cobbles
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Fig. 12.80 Landforms and sediments produced in glaciated valley landsystems of high relief based upon the Ghulkin Glac
ier, Karakoram Mountains. Note the dominance of diamictons produced by mass movement processes: (1) truncated scree; 
(2) termino-lateral dump moraine; (3) laterally drained outwash channel; (4) glacifluvial outwash fan; (5) slide moraine; (6) 
slide-debris flow cones; (7) slide-modified lateral moraine; (8) abandoned lateral outwash fan; (9) meltwater channel; (10) 
meltwater fan; (11) abandoned meltwater fan; (12) bare ice; (13) trunk valley river; (14) debris flow; (15) flow slide; (16) gul
lied lateral moraine; (17) lateral moraine; (18) ablation valley lake; (19) ablation valley; (20) supraglacial lake; (21) 
supraglacial stream; (22) ice-contact terrace; (23) lateral lodgement till; (24) roche moutonnee; (25) fluted moraine; (26) dif- 
fluence col; (27) high-level till remnant; (28) diffluence col lake; (29) fines washed from supraglacial debris; (30) ice-cored 
moraines; (31) river alluvium; (32) supraglacial debris; (33) dead ice. (From Owen and Derbyshire, 1993. Reproduced by per
mission of Routledge)
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coibist of stacked debris flows dipping away from 
the glacier margin (Sections 11.3.3 and 11.3.4), and 
follow ing glacier retreat these are dissected by melt- 
streams and overlain by glacifluvial fans and valley 
trains. The inner faces of lateral moraines are typi
cally oversteepened, and are thus highly susceptible 
to paraglacial reworking. Indeed, where such 
moraines are overlooked by steep valley sides, they 
may not survive for very long after deglaciation, and 
the only record of glacier occupancy may be in the 
form of glacial erratics in debris fans (Owen, 1991; 
Owen e ta l., 1995).

Debris-mantled glaciers can be expected to have 
relatively muted responses to climatic change, be
cause large latero-frontal moraines limit the amount 
of glacier advance, and extensive supraglacial debris 
cover inhibits ablation of the underlying ice (Sec
tions 2.2.3.3 and 6.5.2). As described in Section 
12.6.1.3, the retreat of valley glaciers in low-relief 
mountain environments may be punctuated by num
erous oscillations of the ice margin, which are recor
ded by minor dump and push moraines. In contrast, 
debris-mantled glaciers are very unlikely to exhibit 
such minor oscillations, and will tend to remain at 
the limits imposed by latero-frontal moraines until 
advance or retreat is triggered by significant climatic 
change. Thus, the landform record of a retreating 
debris-mantled glacier might consist of major 
moraine complexes, representing periods of stability, 
separated by extensive tracts of hummocky moraine 
deposited during episodes of ice-margin wastage and 
stagnation.

The presence of thick supraglacial and ice-mar
ginal sediments means that subglacial landsystems 
are rarely exposed in high-relief environments. The 
existence of deeply incised glacial troughs and the 
presence of actively transported debris in latero- 
frontal moraines indicate that subglacial erosion and 
transport must be effective, although it is likely to be 
volumetrically less significant than supraglacial 
debris entrainment and transport in most basins (e.g. 
Small. 1987a, b; Gardner and Jones, 1993).

Temporary lakes are common features of high- 
relief mountain environments, and may be formed in 
three main situations (Owen, 1989; Owen and Der
byshire. 1993): (a) where moraines are deposited by 
a glacier emanating from a side-valley, blocking the 
drainage of the trunk valley; (b) behind lateral- 
frontal moraines or within moraine complexes; or 
(c) where drainage is blocked by rockfalls, landslides 
and debris flow fans. Although they may be short
lived, such temporary lakes can have profound 
effects on the landscape. They may be infilled rapidly 
by silts and other sediments, forming extensive ter
races stretching upvalley from the dam. For example, 
during the winter of 1857/58. a landslide at Serat 
Pungurh in the Hunza Valley in the Karakoram

Mountains dammed back a lake approximately 
10 km long. The dam was breached about six months 
later, releasing a large flood down the Indus, causing 
much loss of life (Mason, 1929). During this six- 
month period, up to 10 m of silt accumulated in the 
lake basin, and it now forms the lowest of three ter
races in the valley (Owen and Derbyshire, 1993). 
These high deposition rates are typical of the 
Karakoram region. Jokulhlaups released from tem
porary lakes also have high geomorphological 
impacts, eroding and reworking large volumes of 
sediment (Sections 3.5, 9.3.4.4 and 11.5.1.3). Flood 
tracks may be preserved in the landscape in the form 
of channels and bouldery debris fans extending 
downvalley from the moraine breach (Clague and 
Evans, 1994; Coxon eta l., 1996).

Valley fills including extensive supraglacial and . 
proglacial lake deposits have been described from 
the mountains of British Columbia, Canada (Shaw. 
1977b; Shaw and Archer, 1979; N. Eyles etal., 1987: 
Ryder et al., 1991). Supraglacial lakes were common 
during the wastage of the Cordilleran ice sheet in 
British Columbia, where stagnant glacier ice was 
isolated in deep valley bottoms and broke up into lake 
basins (see Section 6.5.4.2). Clague and Evans 
(1994a) have argued that environmental conditions 
were similar to those occurring today in the St Elias 
mountains near the Canadian-Alaskan border, where 
major debris-mantled glacier tongues have thinned 
dramatically during the past few hundred years and 
stagnated in situ. Sediment sequences deposited in 
former supraglacial lakes in British Columbia record 
deposition in multiple basins, and are dominated by 
subaquatic mass flow deposits. The sediments are 
affected by numerous deformation structures caused 
by the melt-out of buried ice. In some areas, valley- 
side delta and kame terraces are preserved, recording 
former lake levels or positions of the ice surface (Fig. 
12.81).

Following ice retreat, glacial sediments and land
forms are commonly subject to extensive reworking 
by glacifluvial and mass movement processes. As 
rivers adjust to new base levels and sediment loads, 
they incise existing sediment piles and redeposit 
debris in terraced valley trains (Fig. 12.82). Para
glacial processes are particularly effective, owing to 
the abundance of steep slopes, the action of high- 
energy processes such as snow avalanching and 
ablation-triggered floods, and the widespread avail
ability of unconsolidated sediment and unstable 
bedrock (e.g. Eisbacher and Clague, 1984; Owen et 
al., 1995). Trimlines are rarely well preserved, but 
may be visible on spurs and ridges. A model for 
deglaciated valleys in the Karakoram was presented 
by Owen (1989) and shows that mass movement fea
tures, lacustrine and fluvial sediment accumulations, 
and river terraces may be much more widespread
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: ig. 12.81 Model for sedimentation in a supraglacial lake system in an area of moderate to high relief, based on the stratig- 
■=phyofthe Fraser River valley, British Columbia, Canada. (From N. Eyles etal., 1987. Reproduced by permission of Blackwell)

: ig. 12.82 A valley train or proglacial outwash tract eman
ating from a breach in the most recent terminal moraine of 
:ne Tasman Glacier, New Zealand, and fed directly by 
nroglacial/supraglacial lake waters. Note the incision and 
abandonment of older outwash surfaces. (Photo: D.J.A. 
Evans)

nan glacigenic landforms (Fig. 12.83). Former ice 
margins are preserved only as intermittent trimlines 

r drift limits where slopes were relatively stable. 
The supply of extraglacial debris from surrounding 
-!opes may be so abundant that receding glacier ice 
becomes buried, resulting in the evolution of a

glacial rock glacier. In addition, the high production 
rates of rock debris in high-relief terrains can facili
tate the development of permafrost rock glaciers on 
steep scree slopes (Section 7.5.1).

Paraglacial reworking of glacial landforms and 
sediments is less effective where glaciers advanced 
out from high-relief mountainous regions to the 
foothills, and in such settings the preservation poten
tial of the substantial ice-marginal landforms is 
greater. For example, the classic latero-frontal 
moraines of the Pinedale Glaciation in the USA were 
deposited in the foothills of the Rocky Mountains, 
where paraglacial processes were responsible for 
merely cosmetic changes (e.g. Fig. 12.84). Similarly, 
some of the most impressive latero-frontal moraines 
on Earth occur around the fringes of the New 
Zealand Alps, where glaciers were supplied with 
large quantities of debris by steep, tectonically active 
slopes. In the long valley systems emanating from 
the eastern side of the Southern Alps divide, numer
ous inset lateral moraines and kame terraces form 
continuous ice-marginal deposits which stretch over 
tens of kilometres. For example, kame terraces and 
lateral moraines skirt the margins of Lake Pukaki and 
partially back-fill tributary valleys (Fig. 12.79 i Plate 
32)). At the southern end of the lake a natural dam 
is composed of linear hummocky moraine w ith super-
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Fig. 12.83 (A) A model of the paraglacial landsystem in the Karakoram Mountains, illustrating the dominance of mass 
movement processes and fluvial incision of valley fills immediately after deglaciation. (From Owen, 1991. Reprinted by per
mission of E. Schweizerbartische/Gebruder Borntrager Verlagsbuchhandlung) (B) A sketch showing the influence of glacia
tion on paraglacial activity in a high relief landscape. During glacial conditions (left) ice-contact fluvial sediments accumulate 
in tributary valleys. After deglaciation (right) the fluvial sediments are incised and cannibalized to produce debris fans, and 
slopes may fail or sag. (From Eisbacher and Clague, 1984. Reprinted by permission of the Geological Survey of Canada)

imposed saw-tooth push moraines. Extensive and 
thick glacilacustrine sediments on the ice-proximal 
side of this end moraine complex have been glacitec- 
tonized in places, indicating that the ice margin oscil
lated in a moraine-dammed lake. The Tasman, Hooker 
and Mueller glaciers, which coalesced to produce the 
glaciated valley landsystem in the Lake Pukaki basin, 
have now receded to their own steep-sided valleys, 
where paraglacial processes are heavily reworking 
any valley-side glacigenic accumulations.

12.7 EXTRATERRESTRIAL 
GLACIATION: THE FINAL 
FRONTIER

It is appropriate to end this book by briefly reviewing 
one of the newest and most exotic fields of glacial 
study: the nature of glaciation on other planets. Our 
ever-improving technological capabilities allow us to 
view extraterrestrial geomorphology at increasingly
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: g. 12.84 Latero-frontal moraine systems, (a) Large latero-frontal moraines deposited by piedmont glacier tongue, Green 
C'eek, Sierra Nevada, USA. Numbers 1-3 indicate lateral moraines of different phases of glaciation, and EM is the end 
-oraine of lateral moraine 3. (From R.P. Sharp, 1988. Reprinted by permission of Cambridge University Press) (b) the latero- 
^ontal moraines emanating from the Cordillera Apolobamba on the Peru-Bolivia border. Note the fluted terrain and stream- 
ined frontal moraines produced by glacier overriding, and the saw-tooth pattern visible in the outermost frontal moraines.

greater levels of accuracy, particularly on one of our 
•.earest neighbours, Mars. The picture that is emerg- 
:ig from Mars suggests a long and complex geolog- 
cal history, possibly including multiple glaciations.

It has long been known that permanent ice caps 
exist in both polar regions of Mars (Sharp, 1974). 
However, they are quite unlike Earth’s ice caps in 
composition and behaviour. Despite being up to 
1000 km wide, the Martian ice caps are only tens of 
metres thick, and are composed of perennial water 
ice covered on a seasonal basis by solid carbon 
dioxide (C 0 2 or dry ice) precipitated from the thin 
Martian atmosphere (Sharp, 1974). Over the winter 
pole, blizzards of frozen C 0 2 deposit a few metres 
of dry ice on the ice cap at temperatures as low as
-  123°C, while at the opposite pole the ice cap gives 
up C 0 2 by sublimation, although temperatures never 
rise high enough to melt water ice. Thus, the ice 
caps advance and recede each year, but by processes 
different from those on Earth. The extreme cold and 
aridity of the Martian polar environment means that 
the ice caps do not undergo significant sliding or 
internal deformation, and so are incapable of mak
ing a geomorphological impact on the planet’s sur
face.

The geomorphology of Mars, however, indicates 
that environmental conditions were very different in 
the past. Widespread fluvial landforms on the

planet’s surface indicate that the Martian atmosphere 
was once denser, and liquid water was abundant, and 
possible glacial landforms have been recognized in 
many areas (Carr, 1986; Squyres, 1989; Kargel and 
Strom, 1992a, b, 1996; Parker et al., 1993). Further
more, the areas immediately beyond the current ice 
caps have an uncharacteristically low density of 
meteorite impact craters, suggesting that these areas 
were protected or modified by expanded ice cover. 
This evidence raises the intriguing possibility that in 
the ancient past, Mars was affected by glacial cycles 
similar to those of Earth.

Images obtained by orbiting spacecraft, such as 
the Viking probe, show that the surface of Mars is 
complex and varied, displaying many landforms sim
ilar to those on Earth and others which remain enig
matic. Many researchers have described surface 
features which are closely similar to glacial landforms 
found on Earth (Squyres and Can; 1986; Kargel and 
Strom, 1990, 1991, 1992a; Ruff and Greeley, 1990; 
N. Johnson etal., 1991; Kargel eta l., 1991; Metzger. 
1991; Strom et al., 1991). Such landforms include 
possible moraines, kame and kettle topography, sin
uous esker ridges, tunnel valleys, sandar, glacilacus- 
trine basins, streamlined grooves and megaflutings. 
rock glaciers, cirques, aretes and horns (Figs 12.85 
and 12.86). However, these forms are open to other 
interpretations. For example, the sinuous ridges
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Fig. 12.85 Landforms on the Martian surface interpreted 
as glacially modified features. The location is the Argyre 
basin and the scene length is 650 km with the illumination 
from the left. Boxed areas are shown in detail in Fig. 12.86. 
(Photograph taken by the Viking Orbiter and provided by 
J.S. Kargel)

interpreted as eskers by some researchers have been 
regarded as lava tubes, exhumed dikes, linear sand 
dunes or spits and bars by others.

One line of evidence lends strong support to the 
idea that glacial landforms exist on the surface of 
Mars. In some areas, landforms are arranged in 
regional associations very similar to those formed by 
the advance and retreat of ice caps or mountain glac
iers on Earth. In other words, the similarity between 
some Martian landforms and glacial features on 
Earth applies at all observable scales. Kargel and 
Strom (1992a) have mapped landsystems which 
appear to record the advance and retreat of a large ice 
cap centred on a volcanic upland (Fig. 12.87). Their 
reconstruction suggests that ice flowed down from 
the high ground into a nearby basin, forming an arcu
ate band of terminal moraines and ice stagnation 
topography at its limit. Part of the ice margin appears 
to have terminated in a large proglacial lake. Within 
the glacier limits, possible drumlin fields and 
grooved terrain suggest that large areas of the ice cap 
were wet-based.

In some areas, assemblages of closely spaced 
ridges form thumbprint or m ottled terrain, which 
has been interpreted as suites of recessional 
moraines deposited by dynamically active ice during 
deglaciation (Carr et al., 1980; Scott and Under
wood, 1991). Kargel and Strom (1992a) drew atten
tion to the common association between thumbprint 
terrain and possible esker systems, tunnel valleys 
and glacilacustrine basins, and suggested that it may 
consist of subaqueous De Geer moraines. The spa
tial zonation of these landforms is strikingly similar 
to that left by the retreat of the Laurcntide ice sheet 
in the North American prairies (Sections 12.3.5 and
12.4.3).

Many parts of Mars exhibit spectacular dendritic 
channels and canyons which must have been cut by 
surface stream systems. In addition, large outflow  
channels and stream lined residuals have been iden
tified by Sharp and Malin (1975), and compared to 
the Channeled Scablands of Washington by Baker 
and Kochel (1978), Baker (1979) and Baker et al. 
(1987). The close resemblance of the Martian chan
nel systems to landscapes eroded by large cata
strophic floods raises the interesting problem of 
where floodwaters could have originated. The evi
dence that glaciers and proglacial lakes may once 
have existed on Mars suggests that some floods 
could have been jokulhlaups. However, it has also 
been suggested that water could have burst out frorr. 
highly pressurized subsurface aquifers following 
geothermal melting of permafrost (Carr, 1981: 
Howard, 1981).

Obviously, the very inaccessibility of the Martian 
surface makes it impossible to propose anything 
other than interpretations based upon form analogy.
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(a)
Fig. 12.86

This entails a necessary and not altogether safe 
assumption, that the terrestrial forms and processes 
that we know so well are suitable analogues for those 
of other planets. On a planet with an atmosphere and 
climate so unlike our own, it is possible that these

features cannot be explained by any terrestrial ana
logues, and we should remember that we are only just 
beginning to discover the secrets of forms, processes 
and environments outside our own Earth-atmosphere 
system.



(b)

Fig. 12.86 Individual landforms thought to be indicative of former glaciation of the Martian surface, (a) Argyre basin forms: 
(A) anastomosing sinuous ridges; (B) sinuous ridges with double-ridged, rounded and sharp-crested sections. Arrowed dome 
may be a pingo; (C) sharp-crested semicircular mountain ridge (arrow) thought to be a crater modified into a cirque; (D; 
lobate rock glaciers flowing from cirques; (E) braided fluvial erosional and/or depositional features; (F) complex terrair 
formed by ice disintegration, glacilacustrine deposition and cliff erosion by wave action; (G) pitted terrain interpreted as 
kame and kettle topography; (H) sculptured terrain eroded by ice and/or meltwater. Arrows indicate segmented esker; (I) 
quasi-dendritic esker (arrow top left) and tunnel valley system (arrow lower right), traceable to braided complex in (E). (b 
Hella area forms: (A) lineated forms possibly produced by glacial scouring; (B) cuspate ridges (arrows) interpreted as term - 
nal moraines; (C) possible glacilacustrine plains (left and bottom), wave-cut cliffs (prominent diagonal structure), anc 
changes in channel morphology as they enter the former lake area. (Photographs taken by Viking Orbiter and provided b> 
J.S. Kargel)
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Fig. 12.87 Martian ice cap reconstruction: (a) glacial geomorphology map of the Hellas area of the Martian surface; (b) fc*- 
mer direction of ice flow (arrows) and position of a possible proglacial lake, based upon glacial geomorphology. Contours ■ 
kilometres. (From Kargel and Strom, 1992a. Reproduced by permission of the Geological Society of America)



NOTATIONS USED IN FORMULAE

glacier surface slope 
porewater pressure gradient
the difference in vapour density between the top of debris-rich ice and the overlying atmosphere
the variation in the proportion of the oxygen isotopes 160  and lsO
fluid viscosity
hydraulic potential
angle of internal friction
a constant in the formula describing hydraulic potential of a conduit
potential due to elevation in the formula describing hydraulic potential of a conduit
bump wavelength on the glacier bed
the density of air
the density of ice (c. 900 kg m~3)
density of ice with dispersed debris
the density of a particle
the density of rock (c. 2700 kg m for granite)
the density of water (1000 kg m ~ for fresh water and 1030 kg m 3 for sea-water) 
vertical density gradient in a column of water 
normal or glaciostatic stress in a glacier 
total glacitectonic stress
average normal stress at the contact point of a particle and the bed 
horizontal stress in a glacier 
shear stress
basal shear stress in a glacier
effective basal shear stress
basal friction or frictional drag in a glacier
the total shear strength of a material (used in the Coulomb equation)
cross-sectional area at right angles to water flow in a channel; also used in Glen’s flow law as a
constant relating to ice temperature; drumlin area
area of ablation on a glacier
the ablation rate for buried ice
area of accumulation on a glacier
the apparent area of contact between a particle and the bed 
the real area of contact between a particle and the bed 
glacier cross-sectional area
a constant dependent on material properties in the flow law in equation 4.9; surface slope of ice; 
long-axis length; miscellaneous constants 
ablation rate
net balance (glacier mass balance)
a constant dependent on material properties used in the flow law in equation (4.9); miscellaneous 
constants
mass balance gradient in the ablation area of a glacier 
mass balance gradient in the accumulation area of a glacier 
balance ratio (ratio between accumulation and ablation gradients)
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astronomical theory 6. 7 
asymmetric fold 389 
asymmetrical rocks 32- 
asymmetry of wear patter - I ■- 
asynchronous advance' 5—
Athabasca giar.: - >
Athabasca Glacier ■—  -- 
Athabasca Valiev Ь д ш  Vfecrj  X» 1
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Atlantic 
conveyor 57 
Ocean 553 

atmospheric 
circulation 88. 93, 175 
pressure 99. 103, 110, 124, 282, 451 
transmissivity 72 

atolls 63
аигеп ( see also boudin) 202, 247, 389, 393, 

397.422,423.439 
Austerdalsbreen, Norway 226 
Australia 44, 45, 46, 53, 534 
Austre Okstindbreen, Norway 427,

429^130 
Austria 63
autochthonous addition 232 

avalanche
boulder tongue 263 
cone 219, 220,221,263 
deposits 404, 524, 526, 527 
-type (AT) medial moraine 221, 225,

227-228 
avalanching 

sediment 137, 268-269 
snow/ice 19, 40, 66, 69, 79, 80, 218, 

219-220, 221, 222, 263, 506, 615, 
617

average glacial conditions 63, 360, 361 
Axel Heiberg Island, Arctic Canada 105, 

106, 120, 170, 249, 337, 338, 341, 350

backsets 402, 452, 521, 522, 523 
back thrusts 253, 256 
backwasting 73, 236-239 
badland erosion 262, 470 

Baffin Bay 50, 306, 543, 591 
Baffin Island 9, 13, 16, 41, 42, 57, 59, 61, 

63, 118, 207, 248, 281, 288, 341, 355,

359, 361, 365, 475, 512, 515, 518,
578, 592, 610 

balance ratio 79-81, 83 
method 84

balance velocities 142-144, 163, 170, 554,
555, 569 

balance year 75
ball and pillow structures 294, 508 
ball mill 204
Baltic Ice Lake 35, 57, 59, 603 
Baltic Sea 57, 58, 472 

banded
ice facies 197 

ogives 215 
(laminated) till 389 

bank-attached bars 138 

Banks Island, Arctic Canada 195, 259, 518 
Barbados 30, 33 

barchan dune 269, 300, 439 
barchanoid drumlin 437, 439 
Barents Shelf 16, 38, 51, 299, 470, 594,

597
ice sheet 13, 51 

bar 131, 135, 342, 343-344, 495-501 
(bank-attached) 403 
formation and migration 137-138 

(gravel) 505 
initiation 137 
(longitudinal) 403
migration 403, 452, 495, 496, 498, 499,

500

Barnes Ice Cap, Baffin Island 57, 61, 77,
196

barotropic currents 288 
basal

crevasse 248, 448^150, 513, 517, 548

debris 161-162, 171, 186-187, 226, 237, 

245,418, 543, 547, 551 
drag 164
drainage 166-169
freezing (,see also bottom freezing) 18, 

182, 191,222,274,276 
ice 157-158, 161-162, 178-210, 558,

579
melting/meltwater 18, 76, 98-139, 162, 

181, 182, 186, 191, 198, 199-200,
221, 222, 279, 334 

melt-out (see melt-out)
shear stress 145-146, 159, 160, 162, 164, 

168, 191, 250, 274, 312, 394, 434, 

516
(glacier) sliding 5, 19, 94, 95, 98, 142, 

144, 147, 156-162, 163-175, 191,
197, 312, 316, 355, 358, 362, 447, 
542, 547, 606, 620 

traction (tractive) zone (in a glacier) 221,
222, 222 

base flow 132
Bas Glacier d’Arolla, Switzerland 224 

basins in soft sediments 349-350, 459^169 
Batal Glacier, Lahul Himalaya 228,

478-479, 480 
bathymetry 288-289, 306, 512, 525, 591 

Batura Glaciers, Pakistan 409 
beaches 30

beaded esker 450-451, 453—157 
Beartooth Mountains, USA 352 
bed armouring 125
bed deformation model of Rogen formation 

439
bedforms (fluvial) 130-132, 399-404, 411,

495-501 
accretion 400, 401, 495 
migration 400, 401, 402, 495, 498, 508 

bed hardness 187
bedload 128, 129-130, 137, 294, 300, 302,

305,403,404.408,411,508 
traction carpet 290 

bed-parallel debris septum 222 
bedrock-drift complex 557 

bedrock steps 324
bedrock structure (role in glacial erosion) 

325-326, 361 
bed roughness 156, 157-159, 188 , 197,

312, 505 

bed strength 155
bed (bottom) topography (effect on calving) 

280-281 
Bell River, Canada 375 
Bemis moraine, Iowa 449 
Ben Ohau, New Zealand 368 
BentinckArm, British Columbia 525-526 
Berekvam, Norway 329 
Berendon Glacier, British Columbia 128, 

226, 228 
bergschrund 213, 358 
bergy bits 279
berm (iceberg scour) 419—120 
Between Lake, Axel Heiberg Island 120 
В-horizon (in deforming layer) 202, 

392-393
Biafo Glacier, Karakoram Himalaya 248 
‘big-bang’ theory (calving) 278 
bi-modal particle size 204-205 

binge-purge cycles 15, 175 
biogenic ooze 412, 419-420 
bioturbation 285, 299, 413, 417 
Blackfoot Glacier, USA 112, 330 
Black Rapids Glacier, Alaska 171 
Black Sea 51

blockfield 52, 362, 366, 368, 607 
(hydrodynamic) blowout 255, 257 

Blue Glacier, Washington 75, 108, 151, 167 
Bluenose Lake, NWT, Canada 195, 544 
Bodalsbreen, Norway 474 
Bodleybreen, Svalbard 213-214 

bogus ice divide 572 
Bolduc till 520 
Bolivia 21, 39, 86, 88 
Bolivian Altiplano 89 
Boothia Peninsula, Arctic Canada 576, 578 

Boothia type dispersal train 578 
Borden Peninsula, Baffin Island 341 
bottom freezing (ice shelf) 23, 24, 274, 

275,276, 298,518 
bottom melting or undermelt (ice shelf)

275, 276, 298 
bottomset beds 304, 412, 521, 524, 584 
boudins/boudinage 196, 197, 202, 216, 389, 

390, 393, 406, 423,436,437 
boulder

lag 345, 346, 347
(clast) pavements 202, 394, 420, 559, 

597, 598 

ring structure 492^193 
trains 325 

Bouma sequence 411^U2, 509 
Boundary Glacier, Canadian Rockies 358 

boundary layer streaks 131 
bounding discontinuity 381 
bounding surfaces 495-496, 498 

Bow Lake, Canada 292 
bowls 318
Boyd Lake, NWT, Canada 570 
Bradtville, Ontario 395 
braid-bar complexes 138 
braided

canal network 109-111, 115, 116, 164, 
166, 424, 560, 603 

channels 134-139 
esker 450-452 

river deposits 382 
river facies associations 495-501 
river system 380, 402 

branching (arborescent) network 110-112 
Brandon Hills, Manitoba 467 
brash ice 279 
Bray, Ireland 510 
Brazil 44
breccia/brecciated rock 389,393,471,472 
Brecon Beacons, Wales 57 
Breidamerkurjokull, Iceland 105, 115, 150,

151, 154, 155, 184, 186, 192, 202,
207, 209, 210, 225, 248, 321,
390-391, 392, 393, 396-397, 427,
475, 483, 494, 539, 540, 558 

Brenva Glacier, Italy 219 
Bride Moraine, Isle of Man 465 
Britain 333, 494, 506-507, 535, 536 
British Columbia, Canada 119, 120, 170,

248, 266, 268, 292, 351, 355-356,
365, 505-506, 523-526, 617 

British ice sheet 14, 52, 335, 603 

British Isles/Britain 16, 34, 37, 38, 51, 52, 
57, 63, 434 

British tills 52
brittle failure or deformation or fracture 

146, 150, 184, 187, 192, 196, 199,

202, 249-256, 389, 392, 423, 606 
brittle shear 156, 202 
broad-crested eskers 452 
Broggerbreen, Svalbard 75, 77, 81 
Brooks, Alberta 470 
Brooks Range, Alaska 52, 59, 63
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browsing traces 299 
Bruarjokull, Iceland 448^149, 541, 549, 

550
Bualtar Glacier, Pakistan 219 
Buckland Glaciation 463, 467 
bulk density 233, 386 

bulk water movement 109, 115-116 
buoyant weight of particle 124, 162, 180, 

181, 185, 198,292,293, 397 
buoyancy 273, 279, 303, 305, 354, 414 

effects 294, 295 
forces 285, 300 

buried glacier ice 195, 228, 256, 257, 
258-261, 487, 488, 490, 494, 506,
508-509, 524, 542, 545 

Bumtwoodknife interlobate moraine, 

Canada 482-483, 484-485 
BuiTOughs Glacier, Alaska 394, 395, 451 
butte-and-basin scabland 343 
Byam Martin Island, Arctic Canada 518 
Bylot Island, Arctic Canada 591,592,593

Cactus Hills, Saskathewan 465 
Cader Idris, Wales 357 
Cairngorms, Scotland 57, 328-329, 362, 

615
Calabria, Italy 523

calcite/calcium carbonate (CaC03) 112,
125, 330-332 

calender year 75 

calve dumping 301
calving 5, 6, 13, 14, 23, 49, 57, 63, 69, 75,

76, 90, 119, 239, 272-282, 296-307,
513, 516, 579. 580, 584, 588, 591, 
597, 599. 603, 604, 605 

bay 573
rate 278-279, 418, 512, 580, 583 
velocity 278-279 

Cambridge Bay, Arctic Canada 287 
vramDriage Fiord, Baffin Island 588, 589 
Camp Century, Greenland 11 
Canada 457, 459, 508, 551, 569, 570, 574, 

575, 576, 577, 593 

Canadian Arctic 195, 251, 256, 259, 261, 
274, 287, 306, 355, 356, 366, 467,
509, 542, 543 

Canadian Shield 9, 44, 349, 361, 362, 375,

481, 553, 555, 557, 558, 559, 564, 572 
canal fills 560

Cape Alfred Ernest ice shelf, Arctic Canada
24, 25 

Cape Cod, USA 552

Cape Discovery Ice Rise, Arctic Canada 25 
Cape Sabine, Ellesmere Island 361 
carapace 435, 437, 459, 469, 481 
carbonation 126

carbon dioxide (C02) 46, 92, 93, 125-126, 
128, 620 

Carey Oer, Greenland 50 

Carstairs esker, Scotland 451 
Cascade Mountains, USA 41, 63 
Castleguard Glacier, Canada 115, 330 
cataract 342-343

catastrophic drainage 334, 335-336 
Catfish Creek Formation 422^123 
cations 125
Caucasus Mountains 170 

cavetto318, 319, 321,323 
cavitation erosion 123-124, 321, 323 
cavities (between points of contact)

179-180
Cayoosh Range, British Columbia 349 
Cenozoic 46
central bar deposition 137

chalk escarpment, England 552 
Champlain Sea, Canada (Quateman 45-. 

456
Chandra Tal, Lahul Himalaya 316 
Channeled Scablands, Washington State

341-344, 621 
channel facies 508

channel fill 399-100, 420, 495, 528-530,
597, 598

channelized subglacial drainage 110-112, 
115, 133, 160, 167,558 

channels 323, 327-348, 521-522 
channel systems 110-112 
Chapais, Quebec 514 
Charles Rabots Breen, Norway 217, 222,

501

chattermarks 189,312,316-317,318,320 
chemical

deposition 125-128 
equilibrium 125-128 
erosion 125-128 
partitioning 578 
stratification of water 283 
weathering 128, 192, 222, 358, 363 

chemically based mixing models 126-128 
Chernobyl 93

Cheshire-Shropshire lowland, England 541, 
542

Cheviots, England 507 
chevron crevasse 212, 213 
Chile 72, 273, 279, 351,356 

China 48, 61, 197 
chutes 137-138, 410, 521-522 
cirque (corrie, coire, cwm) 6, 18, 57, 63, 

138, 257, 258, 312, 313, 316, 326, 
348-349, 356-359, 360, 368-372,
606, 607, 608, 620 

asymmetry 370, 372

elevation 372
erosion rates 358-359
formation 357-359
glacier 15, 19, 21, 78, 213, 218, 251,

316, 358, 369, 606 
landscapes 361, 368-372 
morphology 356-357 
trough 356 

Cirque Mountain, Labrador, Canada 
356-357

Clague-Mathews formula 122-123 
clast cluster 426
clast lithological analysis 500, 506, 610 
clast pavement (fluvial) 139 
clast pavement in tills (see boulder 

pavement) 
clast roundness 206-209 
clast shape 206-209 
clast texture 206-209 
clast wear patterns 206-209 
cleavage planes (ice) 148, 149 
Clements Markham Inlet, Ellesmere Island 

299,415, 585 
climate change 7, 46, 63, 66, 81, 87, 91, 92, 

95, 175, 237, 242, 243, 279, 368, 382,
495, 552, 553, 617 

climbing ripple drift 131, 400-401, 411,
412, 453, 508, 509 

clinoforms 580, 597 
clotted ice 193 * 

coalescent grounding-line fans 511-512 
Coast Ranges, North America 40, 43, 66,

88, 170 

Cockburn Moraines 57 
coefficient of friction 153, 155, 202

cohesion 152. 153, 155, 179-192, 232, 251, 
292.409

cohesi >nless debris flow 232, 293, 294,
. 302. 305, 409, 410-411, 454,

507. 512. 521, 522, 524 
cohesion less grain flow 263 
cohesive debris flow 293-294, 302, 409, 

410.503.512 
cohesive strength 153. 178-192, 202, 293 
Coire a' Ghreadaidh. Isle of Skve, Scotland 

611

Coire Lagan. Isle of Skve. Scotland 
607-608

Coire na Creiche. Isle of Skve. Scotland 
612

cold based ice (see polar g!-^:er 
cold wave 68, 94, 196. 251. 538 
Colorado 500

Columbia Glacier, Alaska 78. 151. 156.
164, 166, 167, 168, 279 

Columbia Icefields, Canadian Rocky 
Mountains 18 

Columbia Basin, USA 342 
Columbia Plain, USA 342 
Columbia Plateau, USA 341 
Columbia River, USA 342 
Colville end moraine, Victoria Island.

Arctic Canada 543, 546 
comma forms 318, 319, 321 
comminution 204, 393, 578 

complex response 495 
composite

grounding line fan 510 
ice shelves 20, 24, 274 

ridges 459, 463-469, 470, 542, 548, 549, 
562 

trough 354 
compositional 

banding 193

stratification 486, 488, 561 
compound 

bars 138 
cirque 356 

lavas 457, 459-461 
compressional 

deformation 406, 522, 542, 547, 549,
550

tectonics 251-256 
compressive 

flow 171, 196, 197, 213, 214, 395, 409, 
439, 466, 470, 545, 550, 551, 552 

stress 145, 147, 153, 189, 213, 250, 542, 
549

conchoidal fracture (muschelbruche) 314, 
316-317 

concertina eskers 549, 550 
condensation 91 
conduction 94, 163 
confined ice shelf 274-275 

conglomerates 457,459-461 
conjugate fault (Riedel shear) 253, 522 
connectivity/interconnectivity 365-366.

367, 373-374 
Connemara Mountains, Ireland 57 
constant volume deformation 146 
constructional deformation 423, 424. 56-̂  
contact force 162, 185, 198, 202. 221 
continental 

drift 43, 45
shelves 306-307, 579. 591. 5-5-r 

continentality 40, 41. 143 
controlled

deposition 488 
moraines 195
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controlling obstacle size 158 
convection currents 283 
convergent plate margin 597-598 
converging ice flow 19 
convolute lamination 411,412 
Cooking Lake. Alberta 471 
coquina 420. 597, 598 
coral reef 30
Cordillera (the Americas) 46, 59, 118, 339, 

368. 372
Cordillera Apolobamba, Peru/Bolivia 620 
Cordillera Blanca, Peru 105 
Cordilleran ice sheet (North America) 13,

14, 50. 327, 329, 330, 341, 342, 617 
Cordilleran tills 50 
Coriolis force 288, 289, 413 
Comeliussenbreen, Norway 501 
Cornwallis Island, Arctic Canada 543 
corrasion (see abrasive wear)
Corrieshalloch Gorge, Scotland 329 

cosets 495
Coulomb equation 153, 161, 179, 189, 232,

250-251
Coulomb friction model 161-162,

179-180, 181, 185, 186 
couplet 413—116 
cover sand 264, 266-269 
crack growth (propagation) 183-184 
crag-and-tail 313, 316, 323, 327, 328,

430-431, 448 
crater chains 347-348 
crater kettle 492-493 
crawling traces 299
creep 23, 68, 107, 110, 121, 148-149, 157, 

164, 166, 167, 278, 335, 337, 358, 447 
closure 330, 427, 452 
failure (calving) 
rates 157, 158, 163. 172 
spreading 274 

crescentic bars 138
fractures (parabelrisse) 189, 314,

316-317
gouge (sichelbruche) 314, 316-317 

Cretaceous bedrock 465, 472, 573 

Crete ice core, Greenland 93, 94 
crevasse 17, 73, 99, 103, 106, 107, 108,

149. 172, 175, 194, 212-215, 217,
221, 222, 224, 225, 226, 228, 235,
243, 278, 349, 358, 488, 548 

crevassing 16, 171, 279, 514 
crevasse fill ridge 448—150, 488, 490, 514,

548-549 
crevasse fills/filling 298, 448, 548 
crevasse trace 214, 216. 448 
critical

cracks 183-184, 187, 189 

cross-lamination 400 
Griffith length 183-184. 204 
pressure 160

shear stress 152-153. 154 
summit breadth 40 
water pressure 160 

Cromer Ridge. Norfolk. England 465 
cross-bedded sands 380. 38L 495 
cross-bedding/stratification 194, 344, 401, 

402, 404, 452, 453. 454. 495-501,
508, 521, 522, 523, 528 

cross-cutting (drift) lineations 557.
565-566, 568-573 

cross-cutting (multiple) striae 315-316 
crushing 204, 393, 394, 576, 578 
crustal depression 32 
crustal rebound 32 
cryoconite 228

cryostatic pressure 99, 277 
crystal defects 148 
crystal fabric (ice) 260 
Cuemos del Paine, Chile 370 
Cuillin Hills, Isle of Skye, Scotland 58 
cumulative net balance 87 
cumulative strain 147, 165, 216, 261, 390,

392, 393, 424 
cumulative vector diagram 370, 371 
cupola hills 422, 459, 469^170, 471, 561 
current reworking 299, 420, 580, 581 
currents 287-288, 306, 413, 420, 589 

cusps 486
cut-and-fill (see scour and fill) 
cyclopels 300, 413-416, 509, 580, 583 
cyclopsams 300, 413-416, 509, 580,

583

Dammer Berge, Germany 350, 465 
Danish Sound 58 
Dansgaard-Oeschger events 57 
Darcian flow (see porewater flow) 

Daunferner, Austria 213 
dead ice (see stagnant ice) 
dead-ice moat 492 
dead-ice sink 492 
debacle 117 

debris
cascade system 378-380 
concentration in ice 186, 187, 193, 221,

418
cone 261-262, 615 
-covered (mantled) ice (glacier) 70, 

72-73, 78, 79, 84, 85, 90, 212,
228-239, 242, 243-247, 476, 481, 
483^187, 484, 547, 550, 553, 617 

crushing 387 
dyke 448
entrainment 193, 312, 372, 542 
fall 243-247, 293, 295, 296, 521, 546 

fan 479—480, 615, 617 
(mud) flow 121, 129, 218, 220, 232-239, 

243-247, 264, 293-294, 305, 306, 
394, 400, 406, 473, 474, 478, 490,
506, 507, 515, 518, 521-522, 597, 
617

flow deposits 379, 381, 389, 393, 395, 

404, 406-411, 468, 476, 480, 486,
496, 498, 499, 509, 518, 524, 546,
616, 617 

flow fan 264
release history (iceberg) 297-298 
-rich basal ice 158, 162, 180-182, 193,

196. 197, 198, 199, 200, 203, 223,
226, 236, 261, 289, 302, 319, 322,
386, 393, 394-395, 396, 419, 423, 
430, 439, 440, 475, 480. 486, 510, 
511.515.531,538, 542,545,557, 
558, 606

-rich ice model of Rogen formation 439 
rolling 243-247, 295 
sliding 243-247 
source 378 
terraces 506 

decollement 192, 199, 249-256 
decollement surface 201, 255, 465. 467,

471
decoupling 156, 203 
deepwater sedimentation 528—530 
Deeside, Scotland 324, 325 
deformation 

events 256
of glacier bed/till (deformable bed) 5, 16, 

“ 109, 116, 144, 147, 149, 150-156,

203, 254, 334-335,350, 420, 
423-425, 438, 439, 448, 475 

of ice (see ice deformation) 
till 387. 390-394, 395, 406 

deformed

inclusions 390 
till 390 

deforming bed till 390 
deforming (deformable) till/layer 152, 154,

155, 162, 164, 165, 166, 173, 179,
180, 182, 192, 197, 199, 200-203,
205, 208, 209, 232, 301, 302, 379,
386, 389, 390-394, 397, 424,
426-130, 434, 436, 438, 471, 511,
512, 514, 542, 558

deglacial flow 557
deglaciation 89, 202, 219, 220, 237, 261,

262, 264, 281, 330, 336, 341, 353,
354, 367, 450, 505, 539, 543, 547,
551, 553, 564, 565, 570, 579, 580,
588, 597, 599, 601,604,615, 621 

degradation 264
delta 30, 295, 299, 302-305, 365, 410, 411, 

518-528, 579, 583, 589, 603, 617 
classification 520-521 
Gilbert type 304, 512, 520, 521, 523,

524
Hjulstrom type 520, 521 
Salisbury type 520, 521 

shoreline 303 
Denali Fault system, Alaska 170 
dendritic channel network 109, 116, 328, 

331-332,425 
dendritic fjord/trough patterns 355-356 

Denmark 333, 334, 457, 561, 562, 573 
density current 284 
density stratification of water 284-285 
Dent du Geant, Mont Blanc massif 40 
denudation rates 261 

deposition
by deforming beds 200, 202—203 
by gravity (from glacier ice) 197, 200 

depositional processes 378, 379 
depositional systems 380, 381-382 

derooted drumlin cores 436^138 
desert pavement 267 
Des Moines lobe 551 
destabilizing forces 286 
deuterium 90-93
Devensian glaciation 52. 339. 403, 481,

494, 497, 542, 603, 605, 608 
Devon Island, Arctic Canada 34-36, 41, 72, 

73, 77, 79, 355 
Devonian 45

dewatering 116, 202, 256, 294, 386, 387,
395,411,508 

diagonal bar 138
diamicton/diamictite/diamict 44-48, 382,

387, 394, 404, 407, 409, 410,
416-120, 422^125, 480, 486, 489,
492, 496, 500, 506, 507, 508, 509,
514, 515, 524, 530, 534, 547, 584,
588, 593, 597, 598, 599, 615

diapir 116, 509, 531,532 
diatom 30, 48, 306-307 
differential ablation (melting) 104, 215,

230-239, 244, 485, 490 
dilatancy 174, 392-393, 393, 427, 559 
dilatant flow 392
dilation 146, 154, 155, 156, 262, 294, 353,

393, 423, 435 
dilatation 353 
dimictic lake 283 
Dimlington Stadial 52, 316
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direction of flow of meltwater in glaciers
100-101

dirt cone 230-231, 232, 235, 237, 238, 247, 
484

Dirt Hills, Saskatchewan 465, 551 
dirt layer 75 
dirt machine 552, 553 
discontinuous rock mass failure 182-184, 

188

discrete subglacial drainage system 109,
110

dish structures 411 
disk-rod index 206 
dispersal 

curve 578 
fans 577-579 
train 578 

dispersed ice facies 193 
dispersive pressure 294, 411 
Disraeli Fiord, Arctic Canada 287 
dissolution 125-127 

dissolved ions 90, 92-93, 125-128 
distal domain (tectonic) 254 
distal (subaqueous) environments 299, 

305-307 

distance from moisture source 78
effect on glacier distribution 40-41, 66 

distributary channels 305 

distributed subglacial drainage system 
109-111, 121, 133, 164, 166, 172,
251,448, 558,603 

diverging ice flow 19 

diversion of drainage 339-341, 375 
Dolphin and Union Strait, NWT, Canada 

195
domainal deformation 557 
Donegal Mountains, Ireland 57 
Donjek River, Yukon 136 
Donjek type 498, 499-500 
double layer annual melt-out model 

468—1-69
double stoss-and-lee clast 387, 394 
downstream bar migration 137 

downstream fining/particle form 290, 457, 
500-501

drag force 162, 178-192, 199, 292 
draped lamination 400, 509 
draped sequence 588 
drapes (silt and mud) 403, 405, 498, 508, 

522, 528-530, 579, 583, 598 
drift limit (see also trimline) 618 
driftwood 30-31
driving forces 143, 144, 159, 163, 168, 197 
driving stress 129-130, 157, 162, 200-201, 

202,243,394 
dropped para-till 416 

dropstone 389,416-419, 598 
diamicton 416-419, 515, 529, 580 
mud 416-419, 512 
structures 416—117 

Drumheller, Alberta 400, 401 
drumlin 6, 18, 83, 156, 178, 336, 425^126, 

431-448,469, 484, 530, 534, 539,
542, 543, 551, 557, 558, 560, 561,

564, 565, 567, 568, 570, 571, 573,
575, 604, 621 

accretion 435
(asymmetrical spindle) 431, 433 
composition 435 
density 434 
distribution 433^135 
fields 434
formation 435^138, 
morphometry 434—435

(parabolic) 431—432, 440 
spacing 434
(spindle) 431—132, 440, 562, 564 
(superimposed) 432
(transverse asymmetrical) 431^132, 440, 

441
drumlinization 435, 558, 606 
drumlinoid drift tails 434 

dry calving 69, 245, 478 
Dry Falls cataract, Channeled Scablands

342-343 
dry ice 620

Drymen, Scotland 388-389, 410, 417-418, 
522, 528 

dry snow line 67 
dry snow zone 67
Dry Valleys, McMurdo, Antarctica 48, 49, 

50, 70, 77, 163, 397, 467, 545, 547 
Dryas octopetala 54 
Dubawnt Lake, NWT, Canada 443 
Dubawnt Sandstone 576 
Dubawnt type dispersal train 578 
ductile deformation 146, 192, 199, 202,

249-256, 389, 392, 423 
Dummer Moraine, Ontario 559, 564 
dump moraine/dumping 302, 512 
Dunde ice cap, Tibet 90 
dune-bedded sands 381 
dunes 130-132, 343, 343-344, 399, 

401^102, 495, 521 
Durango, USA 480 
dust (in glacier ice) 92-93 

dwelling structures 299 
Dwyka tillite 45
dye tracing 107, 109, 112, 113, 114, 116, 

172

Dye 3, Greenland 11

Earth Observing System (EOS) 76 
earthquake shock 262, 282, 293, 294, 532 
East Anglia 334, 500 
East Antarctica 16
East Antarctic ice sheet 11, 47, 48, 332 
East Siberian Sea ice sheet 51 
eccentricity 6, 8

Eclipse moraines, 591, 592-593 
Ecuador 39, 40, 86 
eddy holes 321 
edge-rounding 207, 222, 395 

Edinburgh Castle (Royal Mile) Scotland
327-328 

Edith Cavell Glacier, Canada 69 
Edmonton, Canada 423, 471 

Eemian Interglacial/sediments 469 
effective

normal force 179 
normal stress 154, 155, 232 

normal pressure 152, 181, 448 
precipitation 4, 40, 81, 89 

pressure 99, 100, 121, 155, 190, 194,
198, 202, 278, 279, 455,457 

elastic strain 146 
electrical conductivity 127 
electrolitic action 292 

electrostatic forces 152, 153 
elevation head 452 
elevation potential 99, 100 
Ellesmere Island, Arctic Canada 16, 21, 24, 

34, 36, 41, 50, 60, 170, 192, 195, 196,
197, 216, 247, 279, 287, 299, 339,
341, 350, 355, 369, 488, 490, 511,
512,518, 520, 543, 591 

El Nino 88, 89 
elongation ratio 425^126

emergence 32-39 

endiamict glacitectonite 387, 390 
end moraine 248, 336 

endogenic processes (climate change) 48 
energy balance 70-72, 73, 74, 88, 89, 116, 

283
energy of glacierization 143 
englacial

conduit 212, 222, 238, 291, 399, 450, 
553

debris (septa) 225-226, 227, 228, 230, 
245, 257, 289, 296, 301, 485, 486,
488, 543, 545, 548, 550 

drainage (meltwater) 100-101, 104, 

106-109, 126-128, 222, 230, 237, 
238-239, 244, 245, 274, 299, 303, 
321,450, 488, 539-541 

esker 452 

folding 538 
lake 99

shear zone 222

structures 212-216, 423, 439, 485, 545 
thrusting 538, 543 
transport 221-228 
tunnel fill 452

tunnels 99-101, 121, 153, 298, 336, 484 
water table 104 

England 457, 573, 577 
English Channel 344 
enhanced basal sliding 156, 159 
enhanced creep 157, 158, 181, 193 
enhanced plastic deformation 199, 322 
entrainment of pre-exisitng ice 193, 

195-196 
environmental change 90 
environment of deposition 379 
Eocene 47
epicontinental seas 599-604 
epilimnion 282-283 
equator-pole temperature gradient 11 
equidistant shoreline diagram 30-39 
equifinality 257, 297 

equilibrium line 5, 19, 66, 67, 72, 78, 79, 
81-85, 142, 143, 165, 192, 227, 350, 
354, 358, 542, 569 

climatic significance 81-82 

equilibrium line altitude (ELA) 5, 15, 19, 

39-43, 53, 81-85, 280, 368, 370, 565 
equipotential surface 100, 101, 102 
equipotential contour 101, 102, 329 
Erdalen Event 60 
Erebus Glacier, Antarctica 69 
ergodic models 357, 358, 368, 370 
Erie-Ontario lobe 551 

erosion 6, 262-263, 274, 312-375, 368,
542, 555-556, 572 

by deforming beds 200-202 
erosional 

contact 559 
flutings 430^131 
incision 137 

erratics 52, 572, 573, 575-579, 617 
erratic train 576-579 

(Boothia type) 576, 578 
(Dubawnt type) 576, 578 

esker 111, 225, 235, 244, 329, 336. 338.
381, 450-157, 458, 483, 487. 507.
512, 541, 542, 552, 553, 555. 55“.
558, 559, 560, 564, 565. 56'. 5"v 
603, 620-623 

composition 452—453 
ridge, bead and fan 453—15" c 
slumping 453 

Estonia 51
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estiLinne mudfLiis > 
etchplain 360

_. . . • : e-mere Island 196, 245
Eur-'i^ 5 i. 256 
Eurasian ice sheet 10t 
Eur ?■: 52. 5". 62. 75. 117, 264, 335, 336, 

3-Ю. 375. 534. 558, 573, 579, 601 
580

euxinic conditions 288
e\j__cm lof rock debris during erosion)

182-192
evaporation 69-70, 76, 78, 91, 283 
event stratigraphy 604 

excavational 
basin 548-549, 561 
deformation 350, 394, 437, 559,

564
tectonics 201, 564 

existence fields 131, 132 
exodiamict glacitectonite 387 
exogenic climate forcing 48 
experimental comminution 204—205 
extending flow 171, 196, 212, 213, 214,

222, 350,409,439,513,543 
extension fractures 254 
extra-domainal deformation 556-557 
Eyjabakkajokull, Iceland 110, 172, 252, 

254, 298, 448^149, 466, 548-549

Fabergstollsbreen, Norway 220 
Fabergstolsdalen, Norway 507 
fabric 202, 379, 382, 423, 427, 429-430, 

435, 448, 473-474, 476, 507, 556, 561 
boulder pavement 420 
debris flow 409, 411 
deformation till 390-393 
dropstone diamicton 418 
gelifluctate 405, 406 
glacitectonite 389-390 
gravel sheet 403 
hyperconcentrated flow 404 
lodgement till 387, 393 
melt-out till 395, 396, 397 
sublimation till 397 
talus 405

facets (on clasts) 207, 209, 394, 418, 423, 
427, 547 

facies 380-382 
association 381, 422-425, 584, 586-588 
models 378, 380-382 

faecal pellets 292, 413 
fall

deposits 404-405 
glacier 15, 19 
sorting 294, 405 
velocity 292 

falling stage 129 
fan gradients 524 
fan terraces 506 
fast glacier 164
fast (glacier) flow 7, 150, 156, 170, 175,

192, 274, 437, 514, 545, 565 
fast ice 10
feedback (mechanisms) 9, 11, 92, 119,

121, 123, 155, 160, 231, 236, 349, 362 
feeding structures 299 
felsenmeer 543
Fennoscandian ice sheet 9, 11, 12, 35 
:estoon cross-bedding 401, 403 
Filchner ice shelf, Antarctica 24 
r r.celengletscher. Switzerland 159, 161,

167
F nland 320. 324. 432, 450. 576. 577, 602 
? --;r Ukes. New York 354

Fiordland, New Zealand 355, 366 
fim 68, 94, 95, 99 

density 68
line (annual snowline) 67 

first-order surface 495-498 
fissile structure 387, 392-393, 395, 606 
Fjallsjokull, Iceland 105,472-474,475,494 

fjord 6, 15, 50, 63, 273, 276, 279, 280, 287,
288, 292, 306, 339, 350-356, 359,
360, 365, 367, 518, 525-526, 543, 

582-591
Flaajokull, Iceland 216, 248, 469, 475 
Flade Klint, Denmark 464 
Flagler Bay, Ellesmere Island 341, 591 
flame structures 509 
flats 253, 254 
flexural parameter 29 
floating clasts in turbidites 412 
floating glacier snout/tongue 20, 22, 76, 

273-282, 296-307, 455, 457 

flocculation 288, 292 
fioccules (floes) 292, 300 
flood (see also jokulhlaup) 98, 99, 101, 133 
flood hydrograph 120 
Flood Lake, British Columbia, Canada 122 
flood track 341-348,617 
flow (ice shelf) 274-275 
flow divide 18

flow law (see also Glen’s law) 148, 149,
152, 154, 155, 156, 158, 164, 165, 258 

flowline 165, 223, 275, 276, 365 
flow regime 130-132, 400, 411 

flow velocity 123, 128, 129, 399 
fluidization 294, 508 
fluidized flows 294, 410, 411 
fluid

stressing 123, 124 
turbulence 129 

viscosity 115, 129 
fluted moraine 83, 393, 426, 548-549 
fluted till surface 381, 558 

flute/fluting 18, 156, 299, 302, 320, 327, 
336, 393, 395, 425-448, 449, 473,
539, 543, 557, 571, 573, 597, 606 

fluvial
aggradation 494^-95 
deposits 399-404, 490 
incision 364, 368, 494—195 
reworking 264 

terraces 506 
flyggberg 313, 324 
Fohn winds 71, 74 

folding (in ice) 171, 196, 216 
folding (in sediments) 

folds 253-256, 556 
basin 254, 255 

box 254, 255, 406 
chevron 253, 255 
disharmonic 254, 255 
dome 254, 255 
drag 254
isoclinal or recumbent 253, 255, 422,

423
kink-band 253, 255 
non-cylindroidal 254 
open 253, 254 

over- 406, 462 
pericline 254, 254 
polyclinal 254, 254 
recumbent or Nappe 196, 253 
sheath 253, 254 

folia/foliation (see ice folia) 
foothills erratics train, Alberta 573,

576-577

footwall 253 
foraminifera 28, 32, 307 
Forbes bands 215 
force 144 
forced plume 285 
forearc basin 597 
forebulge 29-39

foreset beds 304, 305, 402, 452, 507, 508,
521, 522, 524, 528, 584

form
analogy 446,447, 448, 621 
continuum 426 
drag 156, 157, 188 
ratio 351—352 

Forth Valley, Scotland 34 
fossil air 91
fossiliferous mud 412, 419—420 

fossils 307
Foxe Basin, Baffin Island 13 

fractal characteristics 205 
fractal dimensions 205 
fractionation 91
fracture (ice) (see also brittle failure) 

149-150 
fracture of particles 203, 207, 222 
fractures 312, 314, 316-317 
France 63, 134 
Franklin Ice Complex 50, 54 
Franz Josef Glacier, New Zealand 61, 62, 

87-88
Fraser Valley, British Columbia 506, 618 
free air gravity anomalies 38 
freeze-thaw/frost shattering 358 
freezing (in subaqueous debris flows) 294,

412
freezing front 194, 258
freezing point of seawater 93, 275, 276

friction 161-162
cracks 312, 313, 324, 326 

frictional
drag 156, 161-162, 181, 197, 198, 202
force 181, 197, 199
heat 93, 94, 95.98, 100, 111, 112,355
resistance 199
retardation 199
shear strength 152
strength 152, 153, 166, 178-192, 202, 

389, 394 
frigid fjord 287 
frontal apron 478, 543 
frontal lake (see proglacial lake) 
frost action 218-219, 359 
frozen aggregates 298 
frozen toe (outer zone of glacier snout) 

195,434, 462, 551,553, 561,562 
full glacial sea 29 
furrows 318, 319, 321 
future 63-64

Galway Bay, Ireland 437 
Ganges 27

gas bubbles (in ice) 149 
gas content (of glacier ice) 91 

Gaskiers Formation 44 
Gauckler-Manning formula 122 
Gaussian component analysis 204 
gelifluction/gelifluctate 405, 406, 506 

deposits 404, 406 

terraces 366, 543 
general circulation model (GCM) 11 

genetic facies 381, 386 
Generator Lake, Baffin Island 513 

geoid 26, 28 
geoidal eustasy 26-39
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geological structure 355-356 
George VI Sound, Antarctica 516, 518 
geostrophic currents 288, 299 
geotechnical properties 202 
geothermal heat (flux) 4, 14, 15, 93, 94, 95, 

98, 102, 103, 104, 112, 118, 121, 162,
163, 182, 194, 199, 542 

German Bight, North Sea 340 

Germany 51, 333, 334, 335, 340, 349, 350, 
457, 573 

Ghulkin type association 616-617 
giant current ripples 344 
gibbsite 608 
gilgai 532

Gipps Ice Rise, Antarctica 25 
GISP 90, 92
glacial advance and retreat cycle 537, 563, 

620
avalanche-fed fan 506 
breach 368, 370
-interglacial cycles 48, 49, 50, 91, 92,

382, 534 
lake 272, 457 

Agassiz 14, 54, 55, 104, 348, 531, 553 
McConnell 14, 104 

Missoula 118, 120, 341-344 
Naskaupi 14

Nedre Glamsjo, Norway 347-348 
Ojibway 603 
Pickering 344 

rock glacier 257-258, 618 

systems tracts 380, 381-382, 537 
Glaciar San Rafael, Chile 163, 164, 273, 

277
Glaciar Soler 167
glaciated valley landsystem 381, 535, 

604-619 
glaciation level (threshold) 41—43 

all sided glaciation level 43 
Glacier Bay National Park, Alaska 288 
Glacier d’Argentiere, France 98, 192, 321 
Glacier des Bossons, France 169, 615 
Glacier de Tsanfleuron, Switzerland 330,

331-332 
Glacier du Geant, Mont Blanc 213 
Glacier du Miage, Italy 220, 222, 242, 244 
Glacier Tsidjiore Nouve, Switzerland 126, 

128, 129, 226, 477 
glacier

activity 143
advance 242-243, 247-256 
advance and retreat cycles 242-243, 272, 

557, 580, 582, 583 
-climate models 89-90 
constrained by topography 18 
-contact water bodies 272, 283-287,

289-307, 417 
contributing area 365, 366 
down-draw 274, 514, 573, 604, 605 

erosion (see erosion)
-fed delta 303, 305, 519, 520-524, 584 
-fed water body 272 
flow 142-150, 221
flow velocity (see also ice velocity) 143,

155, 156, 158, 159, 161, 162-175,
203, 239, 352, 542 

ice shelf 20, 274, 276, 303, 543 

instability/stability 7, 57, 109, 115, 150, 
335

glacier motion 93, 142, 147-148,
162-175

karst 104, 195, 237-239, 247, 481, 541, 
552

margins 242-256

morphology 13, 15-25, 66 
outburst floods (see also jokulhlaups) 

117-123, 243-244, 305 
past distributions 43-63 
power 143

readvance 457, 462, 465, 474, 509, 512,
539, 550, 561,584, 603,610 

retreat 242-243, 247 
sliding velocity 242-243, 327, 328, 352, 

358
standstill/stillstand 247, 453, 457, 462, 

509,512, 550,584,610 
system 4 
table 228, 229
thermal regime/properties 163-164 
wind 74 

glacieret 15, 19
glacierization 7, 9, 10, 13, 40, 41 
glacifluvial 

erosion 98, 319-323, 468, 542 
deposition 487-505, 539-542 
outwash/sediments 402, 465^166, 467,

469, 482, 486, 487-505, 539-542,
615

processes 244-247, 478, 494-505 
reworking 243-247, 261-264 
transport 98
terraces 139, 494^195, 506 

glacilacustrine
associations 507-532 
environments 272-273, 282-285,

288-306, 412-113,423 
sediments 389, 398, 409-120, 423, 480,

489, 542, 579-604, 619 
glacimarine

associations 507-532 
environments 272-282, 285-307,

413—416, 423 
sedimentary system 291 
sediments 44, 389, 398, 409-420, 437, 

465-466, 535, 542, 543, 579-604 
glaciodynamic stress 250 

glacioeustasy 26-39, 49, 52, 582 
glaciological variables (controlling glacial 

erosion) 312 
glacioisostasy 13, 26-39, 104, 139, 283, 

289, 359, 582 
glacioisostatic rebound 354 
glaciostatic stress/pressure 250-251

580
glacitectonics/glacitectonism 247, 249-256, 

442, 450, 452, 457-472, 480, 512,
560, 619 

glacitectonic 
deformation 251-256, 301, 443, 446, 

457-472, 483, 554, 561 

overprinting 564-565 
stress 251
structural styles 564-565 
thrusting 248, 249-256, 300, 349-350, 

457^172
glacitectonite 387-390, 392, 395, 406, 423, 

437, 440, 447, 459, 512, 524, 528,
560, 564, 606 

non-penetrative 392 
penetrative 392, 556 

Glasgow, Scotland 426 
Glen Arroch, Isle of Skye, Scotland 613 
Glen’s law {see also flow law) 148, 149,

154
Glen Etive, Scotland 125 
Glen Roy, Scotland 34, 614-616 
Glen Torridon, Scotland 481 
global sea level 6,7, 11, 26-39, 63

global warming 63-64, 134 
Gondwanaland 45, 46, 47 
Gomergletscher, Switzerland 127, 128, 133 
gouges 312. 316-317, 318 
Gowganda Formation 44 
graben 469

gradational contact 392, 411, 559 
gradient stress field 255 
Graenalon. Iceland 120 
grain

crushing 152. 155 
fall 268~ 295 
flow 294 
fracture 205, 393 

grain size (see particle size i 
granulometry 203-205, 395. 406 
gravel sheets 403 
gravitational

acceleration 99, 180, 181, 250. 277, 286. 
292

(slope) instability 524, 526, 527 
mass movement deposits 404-412, 512, 

518 
potential 100
processes 293-296, 302, 306, 404, 508, 

521,543, 545, 597 
resedimentation 580, 581 
reworking 232-239, 243-249, 261-265,

293-296, 380, 509,
522

gravitationally-modified Gilbert type deltas 
521,522 

gravity crater 347-348 
gravity gliding (sliding) model 251 
gravity spreading model 249-250, 251 
Great

Bear Lake 349 

Lakes 54, 551, 553, 577 
Plains 344 
Slave Lake 349 

Greely Fiord/Nansen Sound, Ellesmere 
Island 39, 351 

greenhouse effect 71 
greenhouse gases 92, 93 

Greenland 11, 16, 39, 50, 57, 60, 64, 90, 
170, 195, 279, 287, 306, 350, 351,
359, 361, 362, 363, 365 

Greenland ice sheet 11, 13, 39, 49, 50, 51,
59, 63, 64, 67, 68, 72, 73-74, 76, 91,
92, 95, 107, 163, 167, 197, 268, 277, 
356, 362 

Griesgletscher, Switzerland 165 
Grimsvotn, Iceland 102, 103, 117-118,

119, 120, 121 
Grinell Glacier, USA 167 
GRIP ice core 90,92

groove 123, 202, 313, 314, 316, 320, 321, 
323, 620

ground ice 256, 259, 260, 406, 531 

grounding line 60, 76, 167, 213, 273, 274.
277, 280, 281, 289, 301, 302, 457,
510, 511, 514, 515, 518, 529, 579. 591 

advance 276, 514, 516 
fan (subaqueous outwash fan) 281. 

299-301, 302, 303, 304. 453-454. 
507-510, 516, 519, 524. 580. 583. 
584, 588, 603 

retreat 516 
till 416
wedges 299, 302, 514-5'.6. f .> '~- 

580, 593. 597 

groundwater extrusion 5 '
groundwater flow 66. ' ".5 I 

257. 261.465
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groundw ater pressure 452 
Gulf of

Alaska 48. 306. 597. 601, 602 
Bothnia 57. 58 
Maine 512 
Mexico 54. 55 

St Lawrence 55 
Gwaun-Jordanston, Wales 334

half-distance value 575-576, 578 
Hallet friction model 161, 162, 179, 181, 

185, 187
hanging valley 138, 353-354, 368 
hanging wall 253 
Hardangerfjord, Norway 354 
hard beds 557-558
Harricana interlobate moraine 481—482,

484-485 
Hart Glacier, Antarctica 49 
Haut Glacier d’Arolla, Switzerland 107, 

115, 116, 127, 128, 134, 224 
Hayes Fiord, Ellesmere Island 591 
hazard 98, 117-123, 213, 214-215,

263 
head 507 
heat budget 73 

heat pump effect 191 
Hebrides, Scotland 57 
Hebrides Slope 515 
Heimre Illabreen, Norway 225, 227 
Heinabergsjokull, Iceland 105, 106, 475, 

539
Heinrich events (layers) 7, 57, 175, 306,

579
helicoidal flow 435 

Henvey Inlet, Ontario 321 
herringbone fabric 427, 429^130 

Herschel Island, Canada 462-463, 467 
Hertfordshire, England 472 
high activity glaciers 77 

Highland glacier complex, Scotland 57 
highland origin, windward growth model 9, 

10, 12
hill-hole pair 349-350, 452, 459—163 
Himalaya 5, 21, 39, 40, 46, 49, 52, 53, 54, 

61,63,71,72, 79, 82, 86, 98,219,
220, 228, 243, 262, 368, 372, 606, 616 

Hitchcock, Saskatchewan 345, 346 
Hochstetter Icefall, Mount Cook, New 

Zealand 215, 219 
Hofdabrekkujokull, Iceland 466, 468 

H0je Mon. Denmark 464-465 
Holmstrombreen, Spitsbergen 350 
Holocene (Epoch) 50, 54, 58-63, 89, 261, 

268, 467, 505. 506. 510, 524, 606, 608 
holomictic lake 283 
Holt Heath. England 497 
Home Bay, Baffin Island 41 
homopycnal inflow 284 
Hooke Glacier. Makinson Inlet. Ellesmere 

Island 273 

Hooker Glacier, New Zealand 479. 619 
horizontal buoyant plume iHBPi 286 
horizontal component of ablation 242-243 
horizontal component of velocity 242-243 
horizontal stress 250-251 
horn (residual summit) 313. 368. 620 
Howe Lake, North Dakota 257 
Huascaran-Chopicalqui massif. Cordillera 

Blanca, Peru 244 
Hubbard Glacier, Alaska 287 
Hudson Bay 7, 13, 29, 34, 36, 50. 57, 104,

281, 362, 482, 514, 570, 572, 603 
Hudson Strait 13, 57, 175, 281, 306

Hugi, Franz Josef 142 

Hunza Valley, Pakistan 134 
Huon Peninsula, New Guinea 32-33 
Huron-Erie lobe 551 
Huronian Glaciation 44 
hyaloclastites 457, 459-461 

hyalotuffs 457, 459-461 
hydrated ions 125 
hydration 125 

weathering 219 
hydraulic

conductivity 115, 561 
gradient 100-101, 108, 110, 111, 116,

120, 261,328, 329, 451 

jack 159 
jumps 521

potential 99-102, 108, 110, 120, 329 
radius 122 

hydrocarbon migration 255 
hydroelectric power 98 
hydrogen isotopes 90-93 
hydrographs 132-134 
hydrological cycle 91 
hydrolysis 125 
hydroisostasy 26, 29-39 
hydrostatic 

force 277
pressure 120, 121, 333 

hyperconcentrated flow 129, 290, 400, 
403^104, 453, 454, 498, 501, 502, 
504, 505, 508, 509 

hyperpycnal inflow 284 
hypolimnion 282-283 
hypopycnal inflow 284 
hypsometric curve 83, 84 
hypsometry 61, 84, 85, 87, 88

avalanching 15, 120, 214, 218, 219-220 
apron 19
berg 5, 7, 16, 23, 54, 55, 57, 66, 69, 76, 

117, 119, 175,276-279, 289,
296-299, 306, 347-348, 412-120, 
492-193, 511, 531, 549, 583, 589, 
594, 598

berg (ice)-contact sediment/deposits 298,
419

berg drift tracks 305, 306 
berg drop 297-298
berg dump/dump structures and mounds

297-298, 417-^119 
berg dump till 419

berg furrow 298-299, 549 
berg grounding structures 418-420, 509, 

531
berg overturning 297-298, 301, 418 
berg plough mark 419-420, 597 
berg rafting 576, 577 
berg scour/scour mark 298-299, 306, 

347-348, 419^120, 530-532, 580, 
593-594 

berg settling structure 348 

berg till 419
borehole 95. 108. 112, 115. 116, 148, 

151. 152, 158, 178,203 
breccia 216
cap 15, 16, 18, 78, 90. 110, 213, 218.

354, 366, 367, 623 
cauldron 102, 103, 104 
-channel fills 450-451 
chemical composition 193 
cliff 216, 245, 543 
conduit 99-101, 107-108, 180 
confluence 19

-contact delta 30-32, 301, 303, 305, 
453-454, 487,512,519, 524, 
527-528, 591 

-contact/marginal fan 333, 457, 468,
479-480, 494, 506, 512, 542, 609,

616
-contact lake 239, 283, 339, 541, 542 
-contact/marginal ramp 195, 609, 616 
-contact scree 244 
-contact slope 494, 524 
core 11,57,64, 75, 90-93 
-cored moraine 225, 245-247, 258, 451,

485, 546, 547 

crystal fabric 149
crystals 66, 68, 99, 148-149, 193, 235, 

261
-dammed lakes 101, 104, 117-122, 

133-134, 342, 344,454, 501, 506, 
512, 615

debris content 149, 186, 194, 199, 243, 

547
deformation 5, 18, 95, 98, 100, 101, 142, 

144, 147, 148-150, 178, 186, 193, 
194, 196-197 

density 68, 75, 76, 99, 101, 145, 180, 
181,250 

diffluence 19
-directed channels 328, 330 
discharge 142-144, 354, 355, 365 
dispersal centre 7, 18, 315-316, 365, 

446, 565, 572, 574-575, 605 
-distal zone 580
divide 7, 9, 18, 50, 61, 202, 315, 425, 

435, 553, 555, 557, 565, 566, 569,

571, 572, 573, 574-575, 576, 577 
dome 10, 11, 16, 102 
field 9, 18, 40, 45, 49, 52, 57, 226 
fall 165, 212, 214-215, 216, 224, 226 
flow-landform assemblage 568 
flowline 18, 221, 569, 575 
flow velocity 109, 142-144, 152, 181,

198, 213, 215, 258, 362, 433, 561, 

569, 570, 572, 579 
folia/foliation 106, 171, 215-216, 217,

223, 236, 261, 395, 396, 397 
foot 278, 359 
fringe 19 
glands 67, 68 
injection 258 
impurities 90, 149 
island 24, 25, 279, 518 
jam 133
-keel turbate 419, 580 
layering 212, 215—216 

lenses 67, 68, 406 
-marginal apron 475^178, 485 
-marginal channel (see lateral meltwater 

channcl)

-marginal deposition 243—247 
morphology 212-216 
overburden pressure 121, 153, 159, 160, 

172, 182, 189 
permeability 99 

primary 99, 106 
secondary 99 

pressure 99, 100 
-proximal zone 579-580 
pushing 247, 248-249, 293, 302, 580 

rafts 298
rafting/rafted debris (IRD) 296-298, 305, 

306, 412^120, 508, 512, 529, 530, 
579, 580, 583, 591, 593, 598 

recrystallization 193 
rheology 193
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rise 24-25 
rumples 25, 26 
saddle 50 
segregation 258

sheet 9, 10, 11, 12, 15, 16, 18, 28, 45, 
49-52, 54, 66, 76, 78, 110, 111, 
164, 174, 213, 218, 255, 272,
273, 317, 336, 354, 362, 365,
366, 368, 373, 374, 375, 422,
434, 435, 450, 452, 457, 471,

483, 535, 553, 556, 558, 559,
561, 564, 566, 576, 579, 580,
591, 594, 599, 603, 606, 608 

sheet profile 52, 76, 603 

shelf 10, 11, 20-24, 50, 60, 76, 152, 167,
273-282, 287, 296-307, 412, 416,
423,515,516,518, 529, 580, 583, 
591

shelf stability 275, 276, 279-282 
shelf zone 580 
-slope colluvium 405, 473 
squeezing of sediment 191, 247, 248,

289, 301, 323, 513, 516, 517, 531 

stagnation 450, 481, 613, 615, 617 
stagnation topography 481, 484, 494,

543, 621 
step 236
stream 16, 17, 18, 51, 95, 143, 150. 155,

156. 164, 174-175, 213, 222, 224, 
276, 312, 327, 348, 354, 355, 362. 

365, 367, 368,425, 434, 437, 514,
556, 561, 565, 570, 573, 574-575,
576, 579, 591, 599, 604, 605 

structure 212-216 
temperature 93-96, 166 

-thrust masses 349, 561 
-walled lake plains 422,489, 491 
-water mixture 319 
wedge polygon 139 

Iceland 16. 52, 60, 61, 62, 63, 66, 85, 98, 
117-123, 134-135, 150, 170, 205,
208, 216, 219, 283, 351, 359,
390-392, 437, 448^149, 450, 452,
466, 501-505, 520, 538, 539, 541 

Icelandic trough 354
Ice Stream В 17, 143, 152, 156 164, 175, 

514, 599 
Ice Stream С 143, 175 
ice stream interaction (ISI) medial moraine 

221,225,226,227,481 
Idaho 50 
Illinois, USA 561
imbrication 124-125, 403, 404, 406, 411.

453, 508 
inclusions 202, 422, 423 
incremental marginal stagnation 615 
indentation fracture 315 
index of rim morphology (RMI) 493 
India 45, 46, 86, 499 
indicator

erratics 573, 575—579 
fans 573, 575-579 
plume 575-579 

head 575, 578 
tail 575, 578 

Indus River 617 
inertia flows 524, 526, 527 
infill sequence 588 
injection ice 260 

Innuitian ice sheet 51
inset sequences (lateral meltwater channels) 

336-341 

instability 7, 57, 552 
instantaneous glacierization 9, 10, 18

interbeds 423-425 
interchannel facies 508 

interconnectivity (see connectivity) 
interfacial icc 194
interflow 284-287, 288, 291-292, 297, 303.

305.412,413,414, 599 
interglacial 6, 7, 11, 49, 54, 57, 60, 63, 64, 

95, 364, 365, 560, 598 
intergranular 

creep 406 

fracture 205 
friction 152

- percolation 235 
slip 406

interlobate moraine 481, 481—483, 484, 485 
intermediate domain (tectonic) 254 
intermittent subglacial drainage 

423^425 
internal ablation 69
internal deformation (ice) 19, 68, 163, 168,

192

International Hydrological Decade 75 
inter-particle contact force 393-394, 407 

interstadial 49, 91, 364, 365 
interstitial ice 194, 199, 257-258, 397 

Inter-Tropical Convergence Zone 86 
intraclast 509
intrusive (inverse) trough 354 
Inugsuin Fjord, Baffin Island 354 
inverse grading (upward coarsening) 294,

404, 408, 410, 411, 453, 490, 501,
503, 504, 508, 509, 521 

Iowa 449-450
Ireland 333, 359, 394, 420, 435,437, 509,

510, 512, 529-530, 573 
Irian Jaya 39, 90

Irish Sea 14, 530, 573, 575, 603-604, 605 
ice sheet 541, 542 

Isfallsglaciaren 73 
Isle of Jura, Scotland 481, 482 
Isle of Man 399, 457, 490, 491 
Isle of Mull, Scotland 320, 323 
Isle of Skye, Scotland 89, 323, 387, 406, 

408, 486, 488, 606, 610, 611-613,
614, 615 

isobase 30-39 

iso-glacihypses 43 
isostasy 28-39, 536 
isostatic uplift 219, 262, 588 
isothermal water 282-283 
isotopes 90-93, 193, 194, 197 
isotopic fractionation 112, 193, 194 
Isortoq River, Baffin Island 472-473

jacking effect 167
Jacobshavns Isbrae (Glacier), Greenland

16, 69, 143, 163, 167, 168, 277 
Jancarurish flood, Peru 119 
James Bay, Canada 431, 433, 437, 481 
Jasper National Park, Canada 573 
jet (inflow) 285-287, 289-290, 300, 301, 

508
(axisymmetric) 285-286 
(plane) 285-286 
(turbulent) 285-286 

Jokulhlaup (glacier outburst flood)

117-123, 135, 136, 305, 335,

341-348,403, 448, 490, 492-493,
494, 500, 501-505, 601, 617, 621 

discharges 122-123
-dominated facies associations 501-505 
hydrograph 120, 121 
mechanisms 119-122 

Jokulsarlon, Iceland 284

Jostedalsbreen, Norway 60, 87, 226, 327 
Jotunheimen, Norway 127 
Jungfiraujoch, Switzerland 18 
Jura st>Ie folding 564

Kalix till 439 
Kalixpinnmo hills 450 

kame 487-489. 541. 543. 544, 551 
and kettle topography 236. 244, 452,

482. 483.487-489. 541, 552, 560, 
620. 622-623 

delta 487, 524 
moraine 487
plateau 450. 487. 489. 541 
terrace 261, 452, 476. 482. 483. 487.

490, 541,544.615.617.618 
Kananaskis Country, Canadian Rockies 348 
Kanrawer drumlin, Ireland 442 
Karakoram 133, 170, 479. 480. 506. 507.

616,617,619 
Kara Shelf 38,51 

ice sheet 51 
karst (see also glacier karst) 99, 107.

330-332, 559, 560 
katabatic wind 69, 74, 269, 288, 547 
Katla, Iceland 102, 118, 119, 501, 505 
K-curve 357

Keewatin, Canada 9, 50, 57, 63, 281, 439, 
567, 568, 570, 576 

kettle holes 244, 245, 492-493, 524 

kettled outwash plain 490, 492-493 
kettled sandar 490
Khumbu Glacier, Nepal 79, 228, 230, 231, 

238,239
Khumbu Icefall, Mount Everest 215 
Killiney, Ireland 510 
kinematic wave 168, 172, 243 
kinetic energy 263 
kinetic sieving 294, 411 
kineto-stratigraphy 554—557, 561, 564, 565 
kineto-stratigraphic units 556-557 
kink zone 254, 256 
knickpoint recession 343 
knock and lochan 348, 361 
Knud Peninsula, Ellesmere Island 527, 545 
Koa Rong massif, Lahul Himalaya 476 
Koettlitz (Glacier) Ice Tongue, Antarctica 

276 
kolks 343
Kong Christian IX Land, east Greenland 20 

Kongsfjorden, Spitsbergen 588, 589 
Konsvegen/Sveabreen, Spistbergen 93 
Kotlujokull, Iceland 238 
Krakatoa, East Indies 93 
Krossfjorden, Svalbard 588, 590 

Krumbein roundness 207 
Kvamby, Sweden 472 
Kviarjokull, Iceland 236, 478, 479

Labrador, Canada 9, 14, 50, 57, 63. 281.

439, 569, 577, 593, 594, 606. 608. 6 in 
Labrador Sea 175 
Labyrinth, Antarctica 332 
Lac Daigle-Manitou-Matamek moraine Ы } 
Lackford, England 403 

lacustrine terraces 506 
lag (see palimpsest lag) 
lag times 133
Lahul Himalaya 73, 316. 506 
Lake

District, England 57.
Donjek, Alaska 120 
Erie, Canada 422. ?! - 

lobe 514
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Lake с сот . )
Geneva. Switzerland 119 

GraenaJon. Iceland 501 
Hind. Manitoba 345 
Huron. Canada 44 
Louise. Alberta. Canada 288, 289 
Michigan lobe 551 
of Menteith, Scotland 468 
Pukaki. New Zealand 473, 474, 618, 619 
Rogen. Sweden 437, 442-443 
Rorstromssjon, Sweden 450 
Simcoe, Canada 481 
Souris, Manitoba 346 

lake
density (indicator of glacial erosion 

intensity) 372 
floor patterns 530-532 
ice 282-283, 287, 305, 532 
stratification 282-285, 288-292, 305 

Laki fissure, Iceland 93 
Lambert Glacier 16, 23, 355 
Lambert Graben 355 
Lambert Trough, Antarctica 350 
laminae 495^-98 
lamination 194, 400, 403 
laminated sediments 300, 411^119,

496-501,508, 522,588 
Lanark, Ontario 455 
Lancaster Sound 356, 591 
Lancaster Sound ice shelf 50 
land clement 534 
land facet 534
landform-sediment assemblages 242, 267 
landform set 543, 545, 546 
landscapes of

areal scouring 313, 361-362, 372 
glacial erosion 361-375 
little or no glacial erosion 361, 366-368, 

372
selective linear erosion 313, 361,

362-366, 372 
landslides 90, 506, 617 
landslide-dammed lake 506 

landsystems 380, 381-382, 534-535 
ice-marginal and supraglacial 538-553 . 
ice sheet bed 553-579 
of polar-continental glacier margins 

545-547
of south margin of Laurentide ice sheet 

549-553
of subpolar glacier margins 542-545 
of surging glaciers 547 
of temperate glacier margins 538-542 

Langmoche Glacier, Nepal 120 
lapse rates 78 

Laptev Sea ice sheet 51 
Larsen ice shelf, Antarctica 24, 25, 69, 279 
Lateglacial 89, 280, 512, 513, 610, 615 
latent heat 70, 71-72, 74, 77, 78, 94, 157, 

229 
lateral

accretion 137 
beads/fans 454-455

meltwater channel 336-341,367,543,545 
moraine 60, 83, 85, 220, 236, 243-247, 

261, 262, 381 
pressure gradient 250 
shift in depositional process 381 
stress 250-251 

latero-frontal (see also moraine) 
fan 478—481 
moraine 105 

ramp 478—481 
latitude, effect on glacier distribution 39—10

Latvia 51
Laurentide ice sheet 7, 9, 11, 12, 13, 14, 

16, 18, 29, 34, 38, 49, 50, 54, 55, 59,
60, 63, 101, 104, 175, 192, 202, 335,
336, 339, 344, 356, 361, 362, 365, 
372, 390, 435, 437, 448, 462, 465,
470, 481, 482, 514, 518, 543, 544,
549-553, 554, 564-565, 568, 569,
572, 591, 593, 621 

Baffin sector (Foxe, Amadjuak, Penny 
ice) 50

Hudson Bay sector 15, 50, 281, 481,
482, 603 

Keewatin sector 50, 482, 564-565 
Labrador sector 50, 481, 603 

Laurentide tills 50 
lavas 53 

lava tube 621
law of adjusted cross-sections 365 
law of decreasing glacial asymmetry with 

increasing glacier cover 372 
Lawson flows 233-235, 408^109 
lebensspuren 299 
lee-side cavity 159, 317, 330-332, 

426^130, 437 

fill 448, 557, 560, 606 
till 448

lee-side stratification sequences 437 
lemniscate loop 433, 446 
lemniscate residuals 345—347 

Lenore Canyon, Channeled Scablands 343 
lenses (in sediments) 202, 203, 423—425, 

560
Lewis Glacier, Mount Kenya 87, 88-89,

168
Lewisian basement, Scotland 557 
lichenometry 61
Lillooet Lake, British Columbia 305 
limit of grindability 204 
linear disintegration ridges 449 
linear sand dune 621 
linked cavity network (system) 109-110, 

112, 113-115, 116, 121, 133, 158, 
159, 164, 166, 172, 180, 186, 189, 

190, 328, 330, 455 
liquefied flows 294 
liquid limit 230 

liquifaction 294, 298 
liquified flow 410, 411 
listric faults 254
lithofacies 381, 591, 594, 595-597 

associations 509, 511 
codes 382-386 

lithosphere 28-29 
Lithuania 51, 471 

Litorina Sea 58, 59
Little Ice Age 9, 60-63, 87, 105, 119, 142, 

474, 476, 478, 539, 588, 609 
littoral deposition 297 
Livingstone Lake, Saskatchewan 440, 441, 

448
Lleyn Peninsula, Wales 486 
Llyn Llydaw, Wales 316 

local marine limit 30-39 
Loch

Don, Isle of Mull 468 
Laxford, Scotland 363 
Lomond, Scotland 390-391, 524 
Lomond Stadial (Readvance) 15, 57, 58, 

316, 608, 612, 615 
na Keal, Isle of Mull, Scotland 

320
Quoich, Scotland 410, 417^118 

lobal interactions 423, 424

lodgement 197-199, 208, 209, 301, 379, 

386, 393, 396, 397, 420, 423, 
426^-30, 449, 515, 554 

till (see till) 
loess 48, 264, 266-269, 500 
loessic hills 446 
logarithmic curve 356-357 
Long Island, USA 552 
longitudinal 

bands 223 
bars 138,495 
foliation 216 
grooves 343, 345-347 
P-forms 318-319 
septa 224, 226 
stress 146, 159 

longshore currents 305 
long shelf currents 288, 299 
longwave radiation 70, 71, 78, 82 
Longyearbyen 77 
looped medial moraine 171 
Lovenbreen, Svalbard 75, 81 
low activity glaciers 77 
Lower Proterozoic 44, 46 
Lower Seward Glacier, Alaska 19 
Lukow, Poland 471 
lumped-element analysis 116 
lunate fracture 314, 316—317 
Lyell Glacier, South Georgia 219 
Lyngsdalselva, Norway 130

Macgillycuddy’s Reeks, Ireland 57 
Mackay Glacier, Antarctica 302, 303 
Mackenzie Delta, NWT, Canada 195,

259
Mackenzie Mountains, NWT, Canada 50 
Mackenzie River, NWT, Canada 375 
Mackenzie Valley, NWT, Canada 318 
macroforms 399 
macrogelivation 218-219 
magnetic susceptibility 398-399 
magnetism 398-399 
main lateglacial shoreline 38 
main Perth shoreline 38 
Main Postglacial Transgression 37 
Main Stationary Line, Denmark 465 
Main Terrace, Severn basin, Britain 494, 

497
Main Weichselian Advance 561, 562 
Maine, USA 50,451,512 
Makinson Inlet, Ellesmere Island 183 
Malaspina Glacier, Alaska 19, 228, 229, 

237, 541, 553 
Malaspina Lake, Alaska 283-284 
Manitoba 344 

escarpment 551 
Manning’s n 122 
mantle viscosity 26 
marine

erosion 359 
glacier 20-25
ice sheet 10, 51, 280, 281, 360, 594, 

597
ice transgression hypothesis (MITH) 10 
limit. 30-39, 467 
platform 359 

Maringouin Cape, Bas Saint-Laurent, 

Canada 320 
Maritime Provinces, Canada 57 
Maijelensee, Switzerland 119, 120 
Markov chain analysis 498, 499 
Martha’s Vineyard, USA 469-470 
Mars 620-623
Maryfield, Saskatchewan 531



In d e x  727

mass balance 66, 73, 74-90, 93, 132, 144, 

168-169, 170, 171, 216, 219, 239,
243, 274, 276, 374, 468 

climatic calculations 77 
curve 83, 84

direct measurements 75—76 
gradients 77-81, 143 
hydrological measurement 76-77 

measurement 75-77 
remote sensing measurement 76 
velocity 350, 363 

mass budget 41, 143 
mass flow 293-296, 300 

deposits 516, 580 
mass movement/wasting 216, 218, 

232-239, 242, 262-266, 293-296,
358, 365, 380, 418, 484, 506 

Matanuska Glacier, Alaska 203, 232, 236,
394, 395, 396, 397 

matrix particles 206, 209-210 
matrix properties 382, 387 
maximum elevation (altitude) of lateral 

moraines (MELM) 85 
maximum phase 583 
Mazama Ash 505-506 
McBride Glacier, Alaska 289, 416 

M ’Clintock ice divide 573, 574-575 
McMurdo Base, Antarctica 69 
McMurdo Sound, Antarctica 229, 599 
meandering river 402 
measurement year 75 
mechanical erosion 123-125, 128 
mechanical weathering 358 

Medvezhiy Glacier, Pamirs 171, 174 
medial bar 138 

medial debris septum 223 
median elevation of glaciers (MEG) 84 

Mediterranean Sea 51 
megablocks 202,459, 470—472, 554 
megaflood hypothesis for subglacial 

bedforms 440, 443, 446-448 
megaflutings or megaflutes 425-426,

431-448, 469, 481, 557, 565, 568, 
571,573, 620 

megaripples 131
mega-scale glacial lineations 425-426, 

431^148, 557, 568 
Meighen Ice Cap, Arctic Canada 68 
melange 406 
melt event 339

melt out 197, 199-200, 225-239, 296-299, 
301, 379, 386, 393,417, 423,430, 
452, 468-169, 473, 475, 483, 485,
486, 488, 492, 494, 508-509, 515, 
524, 531,543, 550, 554, 558 

melting 67, 69-70, 98-139, 182, 275-276 
melting degree days 77 
melting point (see pressure melting point) 
meltwater 5, 95, 98-139 

chemistry 125-128

discharge 129, 172, 415, 423,453, 548 
mechanical erosion 123-125 
plume (see plume) 
refreezing 331
reworking 233-237, 243-247 

Melville Island, Arctic Canada 518, 520 
Melville Sound 50, 518, 520 
Mer de Glace, France 169 
meromictic lake 283 
Meserve Glacier, Antarctica 163 
mesoforms 399 
Mesozoic 46, 363

metalimnion (thermocline) 282-283, 292,
413

meteorite 216, 218

meteorite impact crater 620, 622, 623 
methane CH4 92, 93 
Mexico 39 
Michigan 344 
microblock texture 210 
microclimate 73, 218 
microforms 399 
microgelivation 218-219 
micromorphology 184, 185, 206, 209-210, 

268
micro-shears 387, 393 
mid-Atlantic spreading ridge 102 
mid-channel bars 138 

Middleton Island, Alaska 597-598 
Midland Valley, Scotland 399 
Midlands, England 389, 500 
Midtalsbreen, Norway 114-115, 159, 167 

Milang Valley, Lahul Himalaya, India 257 
Milankovitch cycles 8 
Milford Sound, New Zealand 354 
Milne ice shelf, Arctic Canada 23 
mineral float 577-578 

mineral magnetics 398-399, 575 
mini-surge 172 

Minnesota 336, 344, 435, 457 
Minot, North Dakota 346 
Miocene 11, 47, 48, 547 

Mississippi River 27, 54 
Missoula Scablands (see also Channelled 

Scablands) 446 
Missouri Coteau, North America 464-465,

551
Missouri escarpment 551 
mixtite 44 
mobile, liquid flow 
moisture sink 12 
molecular diffusion 286 
molluscs 307, 420 
Moltke Glacier, Greenland 337 
momentum forces 285 
monomictic lake 283 

M0n, Denmark 470 
M0ns Klint, Denmark 464-465 
monsoon 54, 61, 71, 86 
Montana 50, 577 
montmorillonite clays 531-532 

Monty the Mammoth 144 
moraine

annual 449,457,468-469, 472, 511,
539, 540

chaotic hummocky 486, 543, 548-549, 
551, 614-615 

controlled 483—187, 543, 544, 545, 548 
corrugated ground 449, 472 
cross-valley 472, 510 
dam/barrier 105, 106, 119-120, 

243-244,403,619 
De Geer 450, 510, 512-514, 516, 517, 

579, 588, 597, 601, 621 
dump 475-478, 480, 484, 538, 559, 613, 

617
end 552, 555, 573 
extrusion 256, 550, 551 
frontal 457 
ground 543, 546

hummocky 483^187, 488, 543, 545, 549,
550, 551, 565, 568, 610, 613, 614,
617, 618 

ice-marginal 457—481 

ice shelf 516, 518, 519, 520, 543 
lateral 457, 476, 477, 479, 480, 481, 490,

527, 575, 583, 591, 608, 609, 618 
lateral shear 543, 546, 573

latero-frontal 457, 478, 479, 609, 617,
618, 620 

latero-frontal dump 476, 609, 616 
lift-off 514, 593, 600 
medial 19. 171, 212, 221, 222, 224-228, 

481-483, 489, 548, 610 
plateau 450 
Pulju 450

push 248-249. 251, 302, 450, 459, 463, 
472-475, 476. 484, 511, 512, 538,
540, 579, 583, 609, 613, 617, 618 

re-equilibration 603
recessional 457, 539, 543, 547, 553, 570,

610,613,614,621 

sequences/chronologies 6, 48. 49, 52, 53, 
57, 59,60, 83, 85, 89,135,138 

shear or Thule-Baffin 485 
squeeze 302, 475, 538 
sub-lacustrine 510 
terminal 457,474, 621 
thrust block 249, 251, 254, 349-350,

381, 459, 463—469, 542, 543, 547, 
548-549, 551, 579 

Tronder 512, 588 
Veiki 450
washboard 472, 510 

morainalbank 281,282,299,300,301-302, 

510,511-512,513,516,530,579,580, 
583,584,588,591,604 

morainic terraces 506 
Morfa Bychan, Wales 507 
morphosequences 541 
mottled terrain 621
moulin (glacier mill) 100, 107, 112, 113,

151, 167, 168, 194, 238, 320 
mountain glaciers 52-54 
mountain winds 269 
Mount

Baker, Washington 61 
Cook, New Zealand 219 
Everest 372 
Jaya, New Guinea 86 
Kilimanjaro, 86 

Mourne Mountains, Ireland 57 
Mueller Glacier, New Zealand 619 
Muir Glacier, Alaska 282 
multiple crested esker 451, 452 

multiple ice flow directions 315-316 
murdlin 463 
muschelbruch 318, 319 

Myrdalsjokull, Iceland 102, 119, 199, 212,
238,245,501,539 

Myrdalssandur, Iceland 117, 118, 492-493,
501

nail-head striation 315 
nappe 564 

Nares Strait 50

natural remanent magnetism 398-399 
Nebraska 500

negative temperature gradients (in ice)
95

Neoglacial (Neoglaciation) 57-63 
Nepal 86, 372 
Neple, Poland 527, 530 
net adfreezing 193, 194 

net balance 76, 77, 81, 83, 86-87. 88. S9 
gradient

Netherlands 115, 340, 459. 52?. 55 «—55 - 
573

New Brunswick. Canada 316 
New England, USA 32 -.-5_ —• - 
Newfoundland 34. 34' - - - 
New Siberian Is.ir i? 5
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V  . : ndale. North Yorkshire Moors 344 

New York State 434
New Zealand 40. 52. 53, 56, 57, 60, 66, 77, 

85. 87. 88. 117, 243, 283, 351, 356, 
365. 368. 372,474,480, 481, 483,
606.616,618 

Niagara Escarpment, Ontario 552 
niche glacier 19, 21, 368 
Nisardsbreen, Norway 61, 79, 87, 130, 318, 

“ 327
Nisqually Glacier, USA 169 
nivation 357—358 

cirque 357 
hollow 357 

nivometric coefficient 4 
Noeick River/River delta, British Columbia 

305,525-526 
non-directional P-forms 318-319 
non-glacial deltas 303 
non-glacier-contact water bodies 272 
non-glacier-fed water body 272 
non-penetrative deformation 556 
non-steady-state conditions 101 

Norbotten, Sweden 450 
Nordbogletscher, Greenland 73, 74, 77 
Nordvestfjord/Scoresby Sund. Greenland 

351
normal grading (upward fining) 294, 404, 

410, 411, 412, 413, 415, 453, 455,
499, 501, 503, 504, 507, 508, 521,
522, 580 

normal kettle hole 492-493 
normal pressure 277, 324 
normal stress 145-146, 152, 153, 179-192,

250-251,312, 324 
North

America 49, 50, 57, 59, 60, 61, 72, 75,
77, 78, 85, 88, 117, 121, 128, 135, 
170, 261, 264, 272, 333, 439, 530, 
534, 535, 537, 553, 558, 579, 601, 
603

American Great Plains 462, 505, 561
American Plate 48
American prairies 192, 621
Antrim end moraine 465
Atlantic 7, 12, 54, 55, 57, 84, 175, 306
Atlantic Drift 54, 57
Atlantic Oceanic Polar Front 89
Dakota 344, 435, 452, 535, 549, 563
Pacific Ocean 88
Sea 52, 53, 333, 335, 336-337, 340, 344,

535,599 
north water (Baffin Bay) 41 
Norway 15. 21, 41, 52, 60, 63, 72, 77, 82, 

84, 87. 121. 126. 139, 204, 251, 261, 
344, 350, 354, 355, 359, 360,
363-365, 367, 391, 392, 449, 500,
512, 588,606.609 

Norwegian Advance 561. 562 
Norwegian Shelf 514. 519 
Nostetuko Lake. British Columbia 119 
Nova Scotia, Canada 316, 434, 566, 576, 

591, 593, 594 
Novaya Zemlya 542 
nunatak 218, 222, 225, 368. 608, 610 

landscape 313 
Nunatarssuaq, Greenland ice sheet 246 
Ny Alesund, Svalbard 77 
Nye (N) channel 110-112, 116, 134, 167,

328-332, 333, 341,424,452

Oak Ridges moraine, Ontario 564, 566 
obliquity 6, 8
ocean core 7, 28, 48, 175, 306

oceanic circulation 88, 175 

ogive 165, 212, 215, 216 
Okoa Bay, Baffin Island 41 
Okotoks erratic, Calgary, Canada 577 
Oksfjordj0kelen, Norway 191, 323 
Okstindan, Norway 426 

Oligocene 599
Ontario 315, 335, 338, 344, 453, 454, 510
Onyx River, Wright Valley, Antarctica 138
open-ended trough (see through trough)
openwork deposits 405
orbital cycles 6, 43
ordered water weathering 219
Ordovician 45, 47
orifices 113, 158, 455
Osbornebreen, Spitsbergen 69
Otiran glaciation 53, 474
Ottawa, Canada 456, 457
Ouimet Canyon, Ontario 344
outflow channels 621
outlet glacier 16
outrageous geological hypotheses 341 
outsized clasts 412, 416 
outwash 

fan 551 
head 494 
plain (see sandur) 

overburden pressure 121, 155, 180—192,
198, 199, 201, 202, 232, 251, 261,
325, 327, 386, 390, 395, 420, 449,

455, 557, 561 
overdeepenings 348-349, 354, 562, 564 
overflow 284-287, 288, 291-292, 297, 303,

305,412,413,414,583,599 
overfold 249 
overstep thrusting 253 
overthrust fault 253 
overturning (in lakes) 283, 305 
oxygen isotopes 7, 28, 32—33, 90-93 
oxidation 125

Pacific Ocean 342, 562 
Pacific plate 48, 597 
paired terraces 494 
palaeochannels 135 
palaeoclimate 89, 90-93, 370, 476,

509-510, 608 
palaeocurrent flow 402, 403, 453 
palaeodischarge 494, 505 
palaeo-ELA 53, 56 

palaeohydrology 505 
palaeo-ice flow direction 399 
palaeomagnetism 7, 398 
palaeosol 476 
palaeovelocity 505 

Palaeozoic 45, 361, 362, 499 
paleic surface 360, 363—365 
palimpsest 535, 561, 565 

lag 299, 420, 529, 591 
Pamirs 170 
parabola 102, 351 
parabolic flute 447 
parabolic dune 269 
paraglacial 261—269 

associations 505-507 
deposits 481, 505-507 
fan 505-506
period/cycle 261-262, 264. 506 
readjustment 261-269 
reworking/processes 242, 262-269, 289. 

303, 457, 476, 547, 615, 617, 618,

619
slope deposits 506-507 
terrace 505-506

Parallel Roads 614—616 
parallel-sided fluting 427, 430 
particle entrainment from cohesionless beds 

123, 124-125 
particle 

breakage 203-205 
concentration 123 

hardness 123
morphology (form) 205-210, 268, 378, 

379, 382, 395, 397, 405, 406, 407, 

418,476,478,488 
rolling 182 
shape 393-394
size 123, 129-130, 135, 155, 203,

204-205, 233, 249, 268, 292, 293, 
303, 306, 378, 379,382, 393, 397, 
400, 406, 407,409,411,413,

417-418, 500, 503, 504, 505 

parting lineation 131, 400,402 
Pasco Basin, USA 342 
Passglaciaren, Sweden 372 
passive

continental margin 591, 593 
ice rafting 296-297 
transport 203, 207, 221-222, 224, 395,

405, 407, 486 
Patagonia 66, 77, 89, 208, 274, 538 
Patagonian Icefields 18, 40, 53, 66, 163,

167
patterned ground 366, 530-532 
Payachatas massif, Bolivia 483 
peak flood discharge 122-123 

peak velocity 122, 127 
pelletization 292-293 
pendant bars 344 
peneplain 359, 360 
penetrative shear 390 

Pennines, England 57 
Penny Ice Cap, Baffin Island 57 

percolation 67, 95, 105, 133 
percolation zone 67 
periglacial 543 

processes 188, 261, 360, 366, 531 
(permafrost) rock glaciers 257-258, 618 
trimline 83, 606-609 

weathering 222, 405, 607, 608 
peripheral depression 29-39 
permafrost 195, 228, 249, 251, 256-261,

337, 463, 465, 466-467, 538, 542,

550, 552, 621 
permanent deformation (failure) 146, 152 
permanent strain 146
permeability 109, 112, 115, 155, 202, 231,

312, 379, 389 
Permo-Carbojiiferous 45, 47 
Peru 86, 88, 89, 120, 243, 244 
pervasive deformation 436 
Peterborough drumlin field, Canada 437,

564, 566 
Peters Glacier, Alaska 173 
Peyto Glacier, Canadian Rocky Mountains 

75, 81, 88 
Peyto Lake, Canada 283—284, 290, 292 
P-forms (plastically moulded forms) 312,

313, 317-323, 326 
pH 125
phase changes 70
Phillips Inlet, Ellesmere Island 135, 148, 

417^118, 490 
phytoliths 413
piedmont glacier 19, 213, 606 
piggyback thrusting 253, 256 
pillow lava 457, 459-461 
Pinedale Glaciation, USA 618
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pinning point 275, 276, 279, 280, 281, 583 
pipe flow 109, 452-453 
pipes in sediment 411 
piping failure 335 
piping orifices 531, 532 
pitted sandar/outwash 488, 490-493, 541,

552
pitting 123, 124
Place Glacier, Canadian Rocky Mountains
plains plateau 450
planar cross-bedding 401, 402
plane beds 130-132, 424, 452, 454
plane bed deposits 400
plastic deformation 159, 318
plastic flow 179
Platte River, Colorado and Nebraska 500 
Platte type 498, 499, 500 
Pleistocene 32, 33, 38, 52, 54, 89, 175, 

261, 272, 306, 333, 334, 341, 362, 
368, 372, 374, 375, 389, 395,420,
424.448, 449, 451, 454, 462, 468,
474, 480, 483, 489, 490, 500, 508, 
512, 514, 527, 529, 534, 535, 549,
553, 553, 558, 561, 579, 599, 601, 
603, 615

Pliocene 47, 48, 49, 52, 547, 593 
ploughing (subglacial) 156, 198, 199, 209 
plucking (see quarrying) 
plug-type debris flow/plug zones 233, 293,

294, 409, 410 
plume 284-287, 288, 290, 291-292, 295,

297, 300, 303, 412, 413, 414, 417, 
507,511,529, 530 

plunge line 291-292 
plunge pool 320
pods (in deforming layers) 388-389, 390 
point bar 138
points of contact (between particle and 

glacier bed) 179-180 
Poisson’s ratio 250 
Poland 51, 333, 340, 457, 459, 471 
polar desert 50, 545, 547 
polar (cold based) glacier/ice 20, 69,

95-96, 104, 149, 157, 158, 163, 164, 
166, 170, 174, 175, 191-192, 195,
196, 229, 244, 306, 312, 327, 339,
340, 341, 354, 362, 366, 367, 372,
439.449, 467,471,478,516,
545-547, 561, 573, 591, 608

polar sandar 138-139
polishing 184, 187-188, 208, 209, 387,

394, 419 
polje 238 
pollen 54, 89 
pollutants 216 
polymictic lake 283 
polymodal particle size 204—205 
pop-up structure 253, 254 
porewater (Darcian) flow 109-110,

115-116, 121, 249, 335, 558 
porewater movement 115-116 
porewater pressure 112, 115-116, 150, 151,

153, 155, 156, 200, 202, 232, 249,
251, 264, 294, 393, 395, 434, 436,
437, 465, 466, 509, 547, 548 

porewater tension 153 
porosity 153, 174, 233, 379, 395 
Port Askaig Formation 44 
position of debris transport in ice 298 
positive degree days 5, 77, 81 
postglacial uplift 29 
potential gradient 101 
pothole 123, 318, 319, 320-323, 331, 343 
prairie mounds 531

Preboreal 60
Precambrian 44, 46, 48, 362, 557 
precession 6, 8
precipitates (subglacial) 125-128 
precipitation (chemical) 125-127 
precipitation/precipitation gradients 372, 

374
pre-existing lineation deformation 568 
preglacial

surface 363-365, 366-368, 375 
valley 366, 368
weathering 188, 312, 325, 349, 366-368 

Premier Range, British Columbia 61 
pre-Quaternary glaciation 43—18 
pressure 

gradient 99, 100, 115, 475 
melting point (PMP)/pressure melting

93, 94, 95, 99, 100, 104, 112, 126,
156, 157, 159, 163, 173, 174, 191,
198, 199, 258, 273, 275, 276, 302, 
312, 355,427,580,608 

release 507 
ridges 305 

primary deposits 379-380, 386-399 
Prince Charles Island, Spitsbergen 360 
Prince Gustav Channel, Antarctica 24 
Prince of Wales Icefield, Ellesmere Island 

591
Prince of Wales Island, Arctic Canada 

34-35, 367, 573, 574-575, 578 
process-form models 534-535, 563, 564 
process of formation of sediments 379 
proglacial 

channel 341-348 
channel networks 134—136 
drainage 251, 341-348 
fluvial discharges 132-134 
fluvial hydrographs 132-134 
fluvial systems 132-139, 247 
glacitectonic landforms 457-472, 552 
glacitectonics/thrusting 249-256, 406, 

542-543, 547, 548, 550, 564-565 
lake 51,57,99,104-106, 119,120,133, 

272,336, 344,467,482,514,542, 
553,555,579,599-604,617 

meltwater channels 312 
rivers 303, 399 

progradation 303, 305 
Prophets Mountain, North Dakota 465 
protalus till 405 
Proterozoic 510
proximal domain (tectonic) 254
proximal gravels (grounding line fans) 508
proximal to distal fining 508
Puget Lobe 329, 330
Puget Lowlands, Washington 50
pull-aparts 305
pumice 501, 502, 503
pure shear 147
push from behind (compression) model 

251,463 
pycnocline 285, 287

Qamanarssup sermia, Greenland 73, 74 
Qu’Appelle Valley, Saskatchewan 471—472 
quarrying (plucking) 182-192, 202, 207,

209, 312, 316-317, 323-327, 348,
349, 358, 361, 372, 547, 559, 606 

Quaternary Period/sediments 4, 6, 40, 43, 
46, 48-63, 264, 359, 360, 361, 363, 
365, 398,400, 422, 437, 454, 457,
463, 464, 469, 472, 500, 535, 558, 593 

Quebec 14, 315, 439, 569, 577, 578 
Quebec North Shore Moraine 57

Queen Elizabeth Islands, Arctic Canada 50 
Queen Maud Land, Antarctica 218 
Queensland, Australia 30 
Quelccaya ice cap, Peru 89, 90 
quiescent phase 169-175, 204, 239

Rabotsbreen, Svalbard 463 
Ra moraines. Norway 57 
radial crevasses 213, 214, 274, 278, 474 
(solar) radiation 7, 8, 9, 10, 11, 40, 57, 

70-71, 74. 77. 78. 82. 86, 94, 98, 230,
282, 283 

radioactive fallout 66. 93 
radioactive isotopes 94 
radiocarbon dates 30-31, 38, 315 
radiocarbon years 89 
radiolaria 307
rafts 202, 203, 459, 470-472, 554, 560 
rain out 302, 580, 581 
Rainy lobe, Minnesota 551, 553 
raised marine sediments 468 
raised shoreline/beaches 589 
Rakaia River, New Zealand 505 
ramp (tectonic) 253, 254 
randkluft213, 218, 221,358 
Rankin Inlet, NWT, Canada 442-443 
Rannoch Moor, Scotland 15 
rating curve 130 
rat tails 312, 316, 317 
reactivation surfaces 402 
recrystallization (ice) 148, 149, 214 
rectilinearity 355, 356 
reduction 125
Reeh-typc edge calving 277, 278 
refreezing of meltwater (see also

regelation) 94, 95, 105, 126, 146, 157,
193

regelation 112, 157-158, 179, 182, 187, 
188, 193, 199 

ice 187, 193, 194, 542 
sliding 126, 157-158, 162, 180, 193,

330, 558 
water film 112 

regional marine limit 30-39 
regional snow line 368 
regression 26, 32, 536, 580, 584, 585 
relative

hardness 184-185 
relief 368
sea level curve 30-39 

relief, effect of glacier distribution 40-41 
remobilization (of debris) 200, 232-239,

395, 397, 423, 507, 521 
representative station 74 
reservoir area 169, 170, 172, 173 
residual uplift 29
resisting forces 143, 144, 163, 178-192 
response rates (time) 50, 60, 86, 243 
resting traces 299 
restrained rebound 29-39 
retreat phase 583
reverse grading (see inverse grading) 
rheological jump 392 
rheologic superposition 423, 424 
Rhonegletscher, Switzerland 87 
Rhone valley 119 
rhythmite 414, 454, 515, 527 
ribbed (Rogen) moraine 439. 56“ 
ribbon sandar 541, 542 
Richardson number (Rr. 2S6-2S- 
Riedel (conjugate) shear 25? 
riegel (transverse rock bar ■— •
Riggs Embaymen:. -. _ • . - 
Riggs Glacier. 3 ? ? -
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rill flow 236 
rime ice 66
rim-ned kettle 492—193 
nnnenseen 333
ripple cross-lamination/stratification 

400-401. 402, 411, 413, 424 
npries 130-132, 268-269, 343-344, 399, 

495-501 
-[>up clasts 412, 509 
rising stage 129
Rbtinge Klint, Denmark 469—170 
roadbank tongue 263 
roche moutonnee 111, 312, 313, 321, 

323-326, 348, 361, 405, 437, 559, 
606, 607

rock
avalanche (sturzstrom) 220, 262-266,

297, 476, 507 
basin 198, 313, 348-349, 361 
drumlin 313, 321, 323, 326-327,425, 

434
failure 182-192
fall 218-219, 221. 222, 223, 225, 226,

227, 228, 263, 296, 302, 506, 609, 
617

fall deposits 404 
flour 187
glacier 228, 256, 257-258, 615, 620 
glacierized moraines 258 
slide 218-219, 262-266 

Rocky Mountains 40, 59, 61, 88, 219, 448,
464,618

Rogen moraine 425—126, 433, 434, 
437-448, 557, 565, 567, 568, 573 

rolling 129
rolls (ice shelf surface) 24 
Rongbuk Valley, Mount Everest 609 
Ronne/Filchner ice shelf, Antarctica 23 
Roosevelt Island, Antarctica 25 
Rooskagh esker, Ireland 453 
rose curve 433
Rosetown, Saskatchewan 531 
Ross ice shelf, Antarctica 23, 25, 152, 274,

276, 292,514 
Ross Embayment, Antarctica 49, 599 
Ross Sea, Antarctica 11, 599 
rotational failure 305, 476, 478 
rotation of clasts 185 
Roulier moraine 603 
Rothlisberger (R) channel 110-112,

113-114, 116, 167, 451, 603 
Russell Fiord, Alaska 287 
Russell Glacier, Greenland 120 
Rutford Ice Stream 16 
Ruwenzori Mountains, Africa 78, 86

Saalian Glaciation/sediments 52, 375, 467, 
469

Saalian ice sheet 115 
sagging (foundering)/sag basins 509, 510 
St Croix moraine, Minnesota 339, 551 
St Elias Mountains, Yukon/Alaska 18, 617 
St Jonsfjorden, Spitsbergen 316, 318, 323 
St Lawrence River 54, 202 
S: Xarcisse moraine 603 
Sakami moraine 603, 604 
salinity 272. 275, 276, 285-288, 292, 307,

420
S^rausselka Moraine. Finland 57, 512,

' 579. 602. 603 
._:^;ion 129. 268-269 

Norway 522 
j-istles 153 

. • '-...1. Iceland 486. 488

sandpaper friction model 161,162, 179,
181, 185, 186 

sandur (sandar) 117, 119, 134-139, 239, 
303, 304, 494-505, 520, 521, 542,
548, 548, 551, 620 

channel patterns 135-136 
distal zone 135 
intermediate zone 134-135 
(limno-glacial jokulhlaup) 501, 503, 504 
morphology 494—195 
(non-jokulhlaup) 501 
proximal zone 134-135 
topographic levels 136 
(volcano-glacial jokulhlaup) 501-505 

sand volcanoes 294, 298 
sand waves 131 
Sangamonian Interglacial 49 
saprolite 312, 368
Saskatchewan 344, 437, 440, 441, 463, 549 

Plain 465 
Saskatchewan Glacier, Alberta 215 
saturated till 319 
saturation point 125
saw-tooth moraine planform 472-474, 619,

620
scabland erosion complexes 343 
scabs 342
Scandinavia 16, 29, 34, 38, 49, 51, 54, 60, 

63, 85, 122, 272, 315, 362, 363, 368, 
372, 439, 450, 561, 573, 578, 594, 
601,603

Scandinavian ice sheet 16, 34, 51, 52, 54,
55, 57, 59, 60, 255, 335, 340, 344, 
512,514, 573,577 

Scandinavian Shield 557, 558 
Scotian Shelf, Atlantic Canada 335, 514, 

591,600-601 
Scotland 34-35, 37, 38, 44, 45, 280, 324,

325, 339, 351, 357, 359, 361, 362,
363, 367, 368, 372, 373-374,
390-392, 417, 419, 467-168, 512,
524, 557, 573, 606, 610, 615 

Scottish Highlands 89, 367, 368, 406, 484, 
606, 609, 614 

Scott type 498-499, 500 
scour (cut) and fill 402-403, 507, 510, 522 
scour marks 344, 443
scree cones/aprons 224, 225, 243-247, 476, 

478, 609 
sea floor features 525-527 
sea-ice 10, 12, 20, 23, 24, 276, 279, 287,

298, 306, 307, 419, 420, 532, 591 
ice shelf 20, 23-24, 274 
rafting 359, 419 

sea level change 11, 26-39, 49, 536, 537,
579, 604 

sea level records 30-39 
sea level zones 32 
sea spray 216
secondary deposits 379-380 
second-order surfaces 495^198 
sediment 378—120 

classification 378-380 
concentration of inflow water 284 
description 382-386 
dispersion 291-292
gravity flow (mass flow) 293, 417, 454, 

498, 508, 510, 515, 528, 530, 580 
-landform associations 380, 381 
properties 382—386 
strength 249
stratification of lakes 283-285 
structures 381, 382, 393 
supply 400, 453, 501, 524, 591

transfer rates in flutings 430 
yield 63, 192, 261, 262, 505, 616 

sedimentary stratification (in ice) 215-216 
sedimentation rates 289, 306, 415, 580, 598 
segmented tunnel fills (see also beaded 

esker) 450-451 
segregation ice 218, 260-261, 406,

462-463 
seismic shock 219, 306 
selective linear erosion 362—366, 367, 373, 

374, 593
selective size sorting (by lodgement)

199
sensible heat 70, 71, 73, 74, 77, 78, 98,

166, 199, 283 
Sentinel Glacier, Canadian Rocky 

Mountains 75 
separation pressure 159, 160, 167 
septum/septa 221-228, 230, 233, 235, 236,

476, 485
sequence stratigraphy 381-382, 535-537,

580 
serac 149, 214
Serat Pungurh, Hunza Valley, Karakoram 

Mountains 617 
sets 495
settling velocity 128 
Severnaya Zemlya 279, 542 
S-form (sculpted form) 318 
Shackleton Glacier, Antarctica 225 
shape ratio 41 
sharp-crested esker 452 
shearing 94, 199, 221, 393, 437, 447, 553, 

557 
resistance 250 

shear
faults (in ice) 196 
faults (in sediment) 296 
folds 437 
instability 287
planes (in ice) 147, 197, 224, 228, 237, 

245,485,552 
planes (in sediment) 209, 264, 387, 392, 

408, 410, 463, 528 
strength 151, 153, 178-192, 200, 201, 

232, 233, 379, 392, 394, 547 
stress 129, 137, 145-146, 147, 148, 149,

152, 154-161, 164, 166. 168, 172,
178-192, 197, 201, 202, 232, 249, 
277,294, 399, 433,434, 561 

till 390
zone (in debris flows) 233, 293, 294, 410 

sheet 
flood 336 
flow 16, 236, 302 

Sherman Glacier, Alaska 219 
shield 94, 557 
shingle ridge 30 
shore ice 420 
shoreline 30-39, 104 
shore platforms 63 
shortwave radiation 71, 73, 78, 82 
Shyok glacier, Himalaya 119 
Siberia 16, 51, 104, 195, 259, 344 
Siberian ice sheet 54, 55 
sichelwanne 314, 318, 319, 320, 321, 322, 

323
side-scan sonar 305, 306, 525-526, 549,

597
Sierra Nevada, USA 41, 620 
siliceous ooze 306-307 
sill 354
silt/clay laminae 381 
silt skins 395, 397
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simple 
cirque 356 
shear 147, 196 
superimposition 568 

sinusoidal cross-lamination 400 
Sirius Group 48 
Skafta cauldron, Iceland 121 
Skalafellsjokull, Iceland 196, 390-391, 

427, 473,474—175 
Skane, Sweden 457, 458 
Skeidara River, Iceland 117 
Skeidararjokull, Iceland 19, 120, 284, 501 
Skeiderarsandur, Iceland 117-118, 135 
skerries 354, 359 
skin flow model 258 
Skipsea, England 424-425 
skjaergard 359
Slettjokull, Iceland 209, 251, 253, 468 
Slettmarkbreen, Norway 193, 199, 207,

244, 387, 396-397, 398, 427, 429 
slickensides 395, 419, 462 
slide 264, 293, 295-296 
sliding 

bed transport 453 
friction 182, 194 
of particles 129
velocity 157, 162, 172, 190, 191,

242-243, 274, 316 
Slims River, Yukon 500 
Slims type 500
slope angles (effect on ablation processes) 

236 
slope

area method 122 
colluvium 405 
profiles 261-262 
-wash 358 
winds 269 

slot gorge 329 
slowdowns 172
slump 264, 293, 295-296, 522, 524 

facies 508 
folds 524

slump and slide deposits 404, 406, 410
slump terraces 305
slush swamps 105
Smith Sound 50
snowbank (glacier pushing) 249
snow blow 40, 609
snowfall accumulation rates/totals 66, 78 
snow density 67-68, 76 
Snowdonia/Snowdon, Wales 57, 316, 317 
snow line 40, 83, 116, 368 
soft

bed 558-561,606 
till 390 

clasts 202
sediment deformation 406 
sediment raft/clast 410, 522 

Sognefjord, Norway 351, 352, 363-365 
soil 

creep 506 
fall 263 

solar angle 72
solar radiation (see radiation) 
sole marks 430 
sole thrust 253, 539 
solid ice facies 194 
solifluction 358, 406 
solutes (in glacier ice) 92, 93, 149, 193 
solutes (in meltwater) 116, 125-128, 285 
solution hollows 330-332 
Somerset Island, Arctic Canada 34-35, 355,

543, 578

S0re Buchananisen 207 
S0re Illabreen, Norway 226, 227 
Souris Spillway, Saskatchewan/North 

Dakota 344-346 
South 

Africa 45
America 45, 46, 52, 53, 55, 57, 60, 89, 

117
Cascade Glacier, Washington 75, 80, 87, 

88, 111, 128 
Georgia 279 
Saskatchewan type 499 
Shetland Islands, Antarctica 359 
Tahoma Glacier, Mount Rainier, USA 

121-122
Southern Alps, New Zealand 53, 63, 228,

616,618 
Southern Ocean 53, 60 
South Thompson River, British Columbia 

268, 269 
spaghetti diagrams 386 
spatial hierarchies 380 
specific annual mass balance 75 
spillway 104, 344-346, 505 
spindle flutes 318, 319, 447 
Spirit Lake, Idaho 343 
Spitsbergen 183, 232, 236, 349, 350, 351, 

359, 457, 466, 594 
splays 137-138 
splaying crevasse 212, 213 
Spokane Flood, 341-344 
spring event 133 
stabilizing forces 286 
stagnant ice 236-239, 244, 258, 394-395, 

449, 457,483,490,491,617 
staircase cirque 356
standard mean ocean water (SMOW) 91
standing wave 452
starved ripples 400, 412, 509
steady state conditions 110, 113, 136, 142,

163, 336 
Stegholtbreen, Norway 135 
step cavity 103, 189, 190 
steric sea level change 27 
stick-slip motion 316
sticky patches (spots) 155, 157, 164 
Stocking Glacier, New Zealand 87-88 
Stokes’s Law 292
Storbreen, Norway 72, 75, 81, 220, 223, 

226, 227, 476, 478 
Stordalen, Norway 135 
Storglaciaren, Sweden 75, 81, 108,

114-115, 151, 152, 156, 159, 161,
164, 166, 203, 348, 349 

stoss-and-lee clast 387, 395, 396 
stoss-and-lee form 209, 210, 394, 420 
strain 144, 146-147, 150, 166, 178, 216,

389, 390, 427 
energy 146 
gradient 151 
heating 542
rate 147, 149, 150, 154, 155, 156, 158, 

159, 164, 165, 201, 202, 203, 249,
274-275,411,424, 430, 436 

response 427, 430 
Strait of Magellan, Chile 210, 433,

561-562
Straits of Juan de Fuca, Washington 50 
strandflat 359-361 
Strange Lake, Labrador 576 
stratified ice facies 194, 195 
stratigraphic architecture 579-582, 588,

597
stream flow (glacier) 16

streamlined erosional residuals 343-344,
621

'tre-imlined spur 313 
>tre^ : — 146. 249, 274-275 

concentrations 146. 155, 158, 179-192,
204. 205. 312 

field 250-251
gradients 179-192. 348. 393, 427 
patterns 183. 188 

stress-strain re;̂ :: nships 148. 151 
striae (striations >5. 1>2. 208. 312, 313, 

314-316. 318. 321-323. 326. 330,
348, 362. 387. 394. 395. 418. 420, 
423, 427, 429. 50". 559. 569. 575.
598, 606

striation 123, 184-188. 312. 313. 314-316 
strike-slip fault 462 
Styggedalsbreen, Norway 468-469 
subaerial debris flow deposits (see debris 

flow deposits) 
subaerial denudation/erosion/w eathering 

354, 359, 366 
subaerial fall deposits 404—Ю5 
subaquatic melt-out till 416 
subaqueous 

basal till 416
debris cone 520, 521, 522-524 
debris flow/slope failure/gravity flow 

288, 293-294, 299, 407, 514 
deposits 409-411, 422-423, 508-509, 

524, 617
fan 411,450, 453—154, 456, 511-512, 

524, 584, 591 
fall deposits 405
mass movement 293-296, 382, 384-385, 

525-527 
moraines510-514 
outwash fan (see grounding line fan) 
volcano 457 

sub-critical
cracks 183-184, 189 
crack growth 184, 187 
flow 453 

subglacial 
aquifer 192
bedforms 425^148, 459, 554, 573 
bedrock topography 76, 434 
canals/canal fills 116, 203, 424 
cavity 103, 113-115, 122, 123, 127, 148,

158, 159, 167, 172, 189, 200, 201,
248, 324-325, 327, 404, 405, 423, 
427, 429, 443, 448, 450, 455, 547, 
557

channel fills 423, 560 
conduit 109-112, 121, 133, 172, 238,

291, 321, 335, 399, 411, 450, 451, 
452^153, 455 

cupola 117, 120 
debris bands 296, 301, 304 
deformation 150-156, 164, 179,450,

475, 515, 524, 556, 564, 568, 579 
deposition 146, 150, 152, 178, 197-203 
drainage (meltwater streams) 98-139,

158-161, 170, 172, 174, 180, 192.
249, 251, 279, 285, 286, 303, 319. 
321, 327-336, 450, 539-542

erosion 95, 125, 146, 150. 152. 178-192. 
352, 354, 356, 358, 359. 462. 564, 
597, 606, 617 

erosion rates 188, 190. 192. 352-355 
362, 547 

eruptions 94
facies association 422—25 
friction 161-162. l~9-'»2
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hvdrolosv 109-117, 121 
lake 14. 99.101-103. 119, 121, 133, 335, 

448.560 
landsvstems 381. 535, 557-561,

617
i basal' melting 98, 362, 394-395 
meltwater channels 52, 186 
meltwater deposition 440, 443 
meltwater erosion 319-320, 440, 443, 

446-448, 467 
shear zone 178 
systems tract 557
till 115, 151, 152, 164, 302, 381,472,

481,539 
transport 178, 200-210, 578 
tunnel 106. 153. 453, 507, 510 
volcanic forms (see tuya) 
weathering 116, 125-128 
zone 579

sublimation 69, 78, 228, 229, 230, 386,
397, 545

submarginal meltwater channels 336-337 
submarine channels 528-530 
submerged forest 30 
submerged peat 30 
submergence 32-39
sub-polar glacier 19, 20, 21, 95-96, 104,

120, 170, 173, 192, 194, 195, 196,
236, 244, 247, 296, 336, 337, 358,
463, 509, 511, 512, 516, 542-545,
550, 552 

subsiding rift basins 599
subsole deformation 150, 151, 152, 163,

164, 165, 166, 174, 175, 289, 390,
395, 396, 423, 424, 429, 430, 447,
547, 554

substratum characteristics (controlling 
glacial erosion) 312 

sulphur dioxide 93 
Summit Lake, Alaska 117 
supercritical flow 453 
superimposed ice 67, 68, 83, 193, 215 

zone 67, 83 
Superior lobe, Minnesota 336, 339, 435,

551, 553 
supraglacial

debris 24, 104. 216-239, 245, 289, 296, 
301, 304, 418, 476, 483^187, 488,
540, 542, 606, 616, 617 

debris incorporation 221 
debris reworking 232-237 
debris sources 216-220 
drainage/streams 99, 106, 222, 230, 244, 

303, 399,450, 485, 488 
esker 452
lake/pond 99, 101, 103-104, 448, 484,

617, 618 
landsystem 535 
lateral moraine 224, 225, 227 
mass flowage 228-239 
meltwater 126. 189, 336 
(surface) melting 67. 98, 228-239 
transport 221-228 
vegetation 228, 229 

supranival flows 264 
surface depressions (hollows) 330-332 
surface hardness 123 
surface of erosion or non-deposition 

381
surface tension 153
surge 14, 50, 57, 101, 144, 152, 158. 160, 

167,190, 196, 213-214, 248, 251. 545,
551, 552, 555, 599 

deposits (subaqueous) 414, 522

(flood) 501, 502 
front (ice bulge) 172, 173, 174 
cycle 169-175, 242 
(active) phase 169-174, 204 
(sediment) 404, 409 

surging glacier 60, 143, 164, 166, 169-175, 
213-214, 239, 296, 448-449, 466,
514, 547-549 

Surtsey, Iceland 457 
suspended sediment 116, 128-129, 264 

283-287, 288, 290, 296, 300, 301,
303, 306, 403, 404, 505, 598, 599 

suspended load 294, 305 
suspension 131, 268-269, 291-293, 294,

295, 300, 400,414 
suspension/fall out/settling/sedimentation

292, 297, 300, 305, 400-401, 411, 
412^120, 508, 518, 522, 583 

suspension zone (in a glacier) 221,
222

Svalbard 5, 16, 169, 170, 273, 279, 289,
394, 467, 485, 514, 542, 549 

Sydgletscher, Greenland 120 
syndepositional deformation 486 
synoptic conditions 73 
Sveg till 439, 440, 444 
Sweden 34, 36, 57, 58, 63, 324, 344, 372, 

439, 449, 450, 457 
swell waves 278 
swirled lamination 411 
switches (in subglacial drainage) 160, 166, 

167
Switzerland 63, 128, 178, 498 
syncline 462, 469
syndepositional folding/foundering 509,

510
systems tracts 535-537

Taboche, Khumbu Himal, Nepal 80 
tabular ice bergs 279, 514 
tadpole rocks 326 
talik 467
talus 404, 405, 506 
Tambora, East Indies 93 
tapering fluting 427, 430 
Tasman Glacier, New Zealand 19, 53, 212, 

219, 220, 228, 238-239, 476,
478^79, 490, 618, 619 

Taylor Glacier, Antarctica 49, 547 
tear faults 349
tectonic setting 591, 593, 597-599 
tectonic uplift 40, 46, 48, 54, 262, 368,

370, 597
temperate glacier 95-96, 112, 149, 170,

193, 196,242, 325, 358,415,512,
516, 538-542, 583 

temperate ice (wet-based ice) 95-96, 101,
126, 157, 158, 273, 339, 348, 358,
430, 439, 510, 542, 545, 551, 553,
561, 564, 573, 580, 591, 597, 608, 621 

temperature 77
curve for the Earth 43 
-depth curve 282, 287 
profiles (of glaciers) 95 
stratification of water 282-285 

temporal variables (controlling glacial 
erosion) 312 

tensile strength 273, 276, 278 
tensile stress 145, 147, 172, 183, 184, 185, 

188, 189,212,214, 277 
tension crack 522 
tensional deformation 406 
tensional vein 214 
tephra (in glacier ice) 93, 218

tephra (in jokulhlaup sediments) 501 
terminal grade 204 
terminal settling velocity 292 
Tertiary Period/sediments 46-48, 312, 355,

359, 363, 364, 366, 367, 375, 469, 593 
Tete Rousse debacle, France 119 
Thames, River 52, 375, 495 
thaw consolidation 199 
thermal

boundary 174
classification of glacier ice 95-96 
conductivity 228, 229, 230 
dam 174
processes in till flow models 155 
regime (glacier) 312, 348, 361, 372-374,

542, 549, 551, 556, 561, 574-575,
591, 593

structure/stratification of water 282-285, 
295 

trimline 608 
thermocline (see metalimnion) 
thermo-erosional notch 278 
Thiel Trough, Antarctica 350 
thin-skinned tectonics 464 
Thompson Glacier, Axel Heiberg Island 

105
three-dimensional dunes 131 
threshold 354
threshold of particle motion 124 
threshold velocity 268 
through trough 354, 355 
through valley 354 
thrust

blocks/ridges 192, 250-256, 463-469, 
550, 551, 561, 562 

duplex 253
fault/plane (in ice) 171, 174, 242, 253, ‘ 

547
fault/plane (in sediments) 251, 253, 254, 

389, 406, 419, 439, 462, 466, 469,
509, 524 

fold belt 251 
moraine 253, 538, 539 
sheet (horses)/slice/scale 253, 255, 464, 

466, 468, 469, 552 
zone 254

thrusting 195, 197, 224, 251-257, 301, 302,
485, 564 

thumbprint terrain 621 
Thwaites Glacier, Antarctica 22 
Tien Shan/Kunlun Shan icefields, China 18, 

170 
Tibet 40, 49
Tibetan Plateau 46, 52, 54 
tides/tidal range 167, 168, 277, 287-288,

299, 300, 415-416, 580 
tidewater glacier 53, 163, 164, 167,

273-274, 276, 278, 279, 288, 291,
298, 300, 415, 416, 509, 516, 530,
580, 591

Tierra del Fuego, Chile 392, 424-425 
till 50, 198, 199, 204, 205, 221, 251, 253; 

267, 300, 379-380, 386-399, 405,
416, 422-425, 435, 436, 437, 468,
469, 473^174, 516, 518, 534, 543,
554, 556, 558, 560, 577, 580, 588, 606 

(comminution ) 394 
composition 569 
curls, 200 
balls 501
(deformation) 116, 150, 152, 153, 156, 

423^125, 473, 512, 514, 518, 524,
528, 548, 559, 560, 564, 606 

delta 514-516



VD e. 73 Э

(diagenetic) 394 
(dilatant) 174, 202 
dispersal patterns 573-579 
fabric (see fabric)
-fill kettle 492-493 
(flow) 406, 407 
geochemistry 398, 577-578 
(intermediate varieties of) 395-397 
(laminated/banded) 389, 424-425, 439 
(lodgement) 381, 386-387, 395,406, 

448, 473, 474, 514, 606 
(melt-out) 389, 390, 394-395, 396, 423, 

439, 448,450,468, 480, 486, 487, 
560

mineralogy 577-579 
plumes 573, 574-575, 577, 578 
porewater 166 
prism 386 
provenance 316 
(resedimented) 506, 507 
rheology 155 
strain rate 164 
stratigraphy 315, 435, 561 
strength 393 
(subaquatic flow) 406 
(sublimation) 397-398, 546 
(submarine flow) 406 
tongue 514-516, 593 
tongue stratigraphy 519 
tongue tips 516 

tillite 44^-8
time-transgressive response/deposition 50, 

54, 435, 453, 537, 551, 554, 556, 561 
toe-to-headwall altitude ratio (THAR) 85 
Topeka, Kansas 471
topographic inversion (reversal) 236-239,

244, 481,484 
topographic variables (controlling glacial 

erosion) 312 
topset beds 521, 524, 584 
Torngat Mountains, Canada 9, 14, 59, 365, 

370,405,608,610 
tors 362, 543, 607 
total potential 100 
trace fossil 299, 419 
traction 145
traction carpet 129, 131, 498, 505, 507 
traction current activity 581 
traction force 159
Tragedy Canyon, British Columbia 120 
Transantarctic Mountains 49, 599 
transection glacier 19, 20 
transformation of snow to ice 67-69, 91, 

108, 146, 221 
transgression 26, 536, 580, 584, 585 
transient snowline 83 
transition radius 181 
transmissivity 288, 289, 290 
transport 6, 182-192 

by the deforming layer 201-202 
paths 378-379 

transverse 
bar 138
bar conversion 137
crevasse 212, 213, 214, 274, 278, 449, 

450,514 
debris bands 224 
erosional ripples 343 
foliation 216 
P-forms 318-319 
septa 224 
trough 318, 319 

Trapridge Glacier, Yukon Territory, Canada 
151, 164, 171, 173, 174, 175

tree rings 61 
triangle zone 253, 254 
trimline 606-609, 617, 618 
Trollbergdalsbreen, Norway 130 
Trollheim type 498, 499, 500 
trough 6, 15, 178, 198, 262, 312, 313, 323,

326, 348, 350-356, 362, 365, 367,
368, 374, 381, 557, 617 

cross-bedding 401, 402, 453 
cross-profiles 351-354 
fills 498 
head 354, 356 
long-profiles 354-355 
-mouth fans 514 

truncated spur 368 
tsunami 288
Tuktoyaktuk coastlands, NWT, Canada 260 
tunnel 

fill 450-452 
hydraulics 452-453 
melting 453
mouth 507, 508, 509, 512 
valley (rinnentalerortunneldale) 

110,112,328,332-336,337,
338,339,510,529,530,551,620,621 

turbidite 404, 411-412, 413, 419, 447, 454,
507, 522, 524, 528-530, 584, 597, 599 

turbidity current (underfiow'/fluidal flow)
293, 294-295, 300, 305, 306. 411.
413, 447, 509, 510, 521-522, 524,
526, 527, 528 

turbulent
flow 123, 124, 126, 128, 284, 295, 321, 

410,411,503 
heat flux 72 
jet (see jet) 
mixing 293, 300 
suspension 294 

tuya (stapi) 457, 459—461 
two-dimensional dunes 131 
two-dimensional logs (facies) 385 
Tyeen Glacier, Alaska 169 
Tyrrell Sea 603

unconfined ice shelf 274
unconformity 535
underflow 284-287, 290, 291-292,

294-295, 300, 301, 303, 305, 413,
419, 443, 454, 508, 510, 521, 522,
524, 527, 528, 601 

undermelt 580 
deposits 416-419 
diamicton 416—419, 515, 516 
till 416 

underthrusting 254 
underwater conical delta 522-524 
undulating surface 318, 319 
unit bar 138 
unpaired terrace 494
Unteraargletscher, Switzerland 142,159,166
Upper Proterozoic 44, 45, 46
Upper Seward Glacier, Yukon 68
Upper Wright Valley, Antarctica 331-332
upwelling 288, 299
Ural Mountains 15
urstromtaler 340-341
Urumqi Glacier, China 149, 157, 192
U-shape valley 351
Utrecht Ridge, Netherlands 467
uvala 238

valley esker 452
valley glacier 18, 69, 71, 78, 83, 89, 90,

104, 106, 110, 165, 213, 215,218,

219, 221, 222, 224, 227, 274. 279.
296, 317, 329, 352, 354, 368, 369,
372, 535, 591, 604, 606, 610, 616, 617 

valley glacier landscape 313 
valley-side depression 476 
valley train 138, 139, 494-505, 506, 615,

618
valley winds 71 
vapour pressure 124
Variegated Glacier, Alaska 115, 143, 152,

159, 161, 170, 171, 172, 173, 190,
204, 547

varve 305-306, 381, 412^113,414, 527,
601

Vatnajokull 39, 102, 103, 117, 118, 121, 
150,475,478 

Vatnsdalslon, Iceland 105 
Vega Island, Antarctic Peninsula 398 
vegetation trimline 606 
Ven, Sweden 469 
ventifacts 267, 547 
vertical

accretion 401
buoyant plume (VBP), 286 
density gradient 286 
profile (facies) 382-386, 399, 498, 502, 

503, 504 
transition between facies 381 
velocity gradient/profile 278, 286 

Vestfold Hills, East Antarctica 545, 546 
Vestvagoy, Norway 361 
Victoria Island, Canada 454, 518, 543 
void ratio 392-393
volcanic activity 102, 117-123, 216, 457, 

459-461,501,503 
volcanic ejecta 66, 93 
Voringbreen, Svalbard 75 
vortex/vortices 321-322, 343 
Vostok, Antarctica 90, 92, 93 
V-shaped valley 352, 364

Wabash Valley, Indiana 344
Wales 316, 372, 507, 573
Walther’s law of facies 381, 498
Wanganui River, New Zealand 480
Ward Hunt ice shelf, Arctic Canada 25, 287
water

body (lake/ocean) characteristics 
282-289 

content of sediment flows 408 
cupola 102
density 68, 99, 101, 277, 282, 291, 292 
depth (effect on calving) 278-279 
escape/throughflow 442, 509 
-filled cavity 103, 179-182, 189 
film 109, 110, 112-113, 126, 158-161, 

186,203 
flow in glaciers 99-101 
molecules 66
pathways in glacerized catchments 98-99 
pressure 99-103, 107, 110, 113, 114,

117, 121, 156, 158-161, 162, 164, 
166, 167, 168, 172, 173, 180-192.
194, 198, 199, 201, 203, 274, 275,
277, 312, 324, 325, 327, 339, 348.
349, 350.455 

sources in glacierized catchments 98-99 
storage in glacierized catchments 98-

101-106 
stratification 282-289 
-terminating ice margins 273-2 »I 
viscosity 292 

wave cavities 103 
wave (swell-and-swale i ogn u - 215



waves 277-279, 287-288, 293, 299, 305,
413, 531,532, 589 

weathering 608 
crust 70
zone 606—609, 610 

Weddell Sea 11, 599 
wedge concept 142-143 
wedge striation 315 
wedging 467
Weertman regelation 193-194 
Weichselian/Devensian glacier

margins/glaciation/sediments 53, 316, 
465,469, 561, 562, 577, 588, 594 

welded contact 411, 522 
Welsh ice sheet 541, 542 
West Antarctic ice sheet 6, 11, 13, 18, 47, 

48, 280
West Fork Glacier, Alaska 171, 173 
West Gulkana Glacier, Alaska 73 
West Potholes Cataract, Channeled 

Scablands 343 
wet (warm or temperate) based ice 95-96, 

174, 175, 192, 199, 367, 372 
wet snow line 67 
wet snow zone 67 
whaleback 313, 323, 326-327, 425 
Whataroa, New Zealand 474

White Glacier, Axel Heiberg Island 77, 79, 
143, 166 

Wicklow Mountains, Ireland 57 
Wilkins ice shelf, Antarctica 24 
Wilton Creek, Ontario 320 
wind

ablation 69
-blown dust 66, 215-216 
deflation 267, 269 
mixing of water 282-285, 287 
ripple migration 268 
scouring 79, 216 
shear 299, 305, 415 
slab 68 

winnowing structures 420 
Winter Harbour Till 518, 520 
Wisconsin 344, 487, 489, 491 
Wisconsinan Glaciation/sediments 7, 49,

50, 260, 315, 316, 335, 339, 366, 469,
543, 549, 552, 559, 564, 566, 603 

within-valley asymmetry 609—610, 611 
Wolf Lake, Alberta 462 
Wollaston Peninsula, Victoria Island, Arctic 

Canada 543, 545, 546 
Wolstonian glaciation 52 
Wootton Peninsula, Ellesmere Island 369 
Wordie ice shelf, Antarctica 26

work softening (of ice) 149 
World Glacier Monitering Service 75 
World Meterological Organization 75 
Wright Lower Glacier, Antarctica 192 
Wright Valley, Antarctica 545 
Wurm Glaciation 498

Yakataga Formation, Alaska 48, 420, 510,
529, 597 

Yenesei-Taymyr region, Russia 52 
yield strength 293 
yield stress 146, 152 
Yoldia Stage 57, 59, 562 
Yorkshire 344
Young Baltic Advance 561, 562 
Younger Dryas 54-57, 63, 89, 316, 317, 

467-468, 508, 524, 603, 606, 608, 
614,615 

Yukon, Canada 170, 463, 610 
Yukon Range 133

Zemlya Frantsa Iosifa 279
zone of established flow (ZEF) 286
zone of flow establishment (ZFE) 286, 290
zone of glacier influence 353
Zongo Glacier, Bolivia 66, 80, 229
zooplankton 292, 413



M o st of us only encounter ice in the winter or as small blocks in drinks, and in this form it 
appears rigid and brittle. In glaciers, ice behaves in a variety of surprising and fascinating ways 
- flowing plastically, like toothpaste; carving out huge troughs and altering entire 
landscapes; changing the Earth's climate; and preserving valuable geological records. Either 
directly or indirectly, glaciers and glaciation affect a large proportion of this planet's 
population.

This major new text provides a synthesis of the nature, origin and behaviour of glacier 
systems and the geological and geomorphological evidence for their former existence. The 
first part of the book investigates the processes involved in forming glacier ice, the nature of 
glacier/climate relationships, the mechanisms of glacier flow, and the interactions of 
glaciers with other systems such as slopes, rivers, lakes and oceans. In the second part, 
emphasis is placed on landform/sediment associations, the interpretation of the earth's glacial 
legacy, and the reconstruction of glacial depositional environments and palaeoglaciology.

Glaciers and Glaciation features a superb collection of colour and black and white 
photographs, over 300 in all, together with over 450 line diagrams. Using case studies 
drawn from around the world, it is referenced throughout and concludes with a fully 
comprehensive bibliography. This stimulating and accessible text is an essential tool for all 
students of this fascinating field of study throughout their university career.
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