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Preface 

This volume includes papers on properties, structure and phase relationships 
that involve silicate melts. These problems are of interest to many scientists who 
are involved in geosciences and chemistry because of the fundamental nature of 
the topics. The last ten years have been marked by major achievements in this 
field of science. An international team of invited contributors with expertise in 
different aspects of the topic presents the most important results in studies of 
viscosity (E.S. Persikov), diffusion (A.S. Chekhmir, M.B. Epel'baum, E.B. Watson 
and D.R. Baker), density (I. Kushiro), influence of redox equilibria of iron on the 
melt structure (B.O. Mysen) and the role of high field strength cations on the 
structure and properties of silicate liquids (P.e. Hess). An important contribution 
to silicate melt thermodynamics is made by Bottinga who found an effective 
approach to calculate the baric dependences of molar volumes and entropies for 
the most important liquid silicates. These papers present data and some rules for 
estimating the properties and structures of melts as well as the implications of 
the physical chemistry of silicate liquids to igneous petrology. 

Another set of articles illustrates the applicability of experimental and theo
retical petrology to the solution of different geological problems. For example, 
the paper by Y. Tatsumi summarized much of the experimental, geochemical and 
petrochemical data in support of an elegant model for the origin of island arc 
magmas. The author also indicates a restricted role for subducted lithosphere as 
a source of water. The paper by e.D. Doyle provides an example of a very simple 
thermodynamic model for describing the phase relationships on the liquidus 
surface of silicate melts (involving divalent oxide cations). 

In contrast to the last two mentioned papers, the final chapter of the volume 
contributed by A.D. Kuznetsov and M.B. Epel'baum deals with the Korshinskii 
potentials for thermodynamic description ofliquidus relationships for a granitic 
melt with volatiles. This rather unusual and difficult-to-understand approach 
was reviewed in only a limited way. 

Editing the present APG volume took an inordinate amount of time and 

v 



vi Preface 

required extensive work on the part of contributors, reviewers and staff of 
Springer-Verlag, New York. The editors would like to thank L.Ya. Aranovich, 
A.L. Boettcher, C.W. Burnham, D.M. Burt, A.S. Chekhmir, M.P. Dickenson, 
T. Fujii, G.B. Gill, N.S. Gorbachov, C.T. Herzberg, A. Hofmann, A.A. Kadik, A. J. 
Naldrett, A. Navrotsky, I. Nicholls, G.V. Novikov, E.S. Persikov, C.M. Scarfe, 
K.I. Shmulovich, B.Y. Varshal, E.B. Watson, E. Westrum, and H.S. Yoder for 
their cooperation and assistance in preparing the manuscripts for publication. 
We are grateful to G.G. Gonchar for editorial assistance and to the staff at 
Springer-Verlag for their cooperation and patience during the preparation of the 
volume. 

It is very much hoped the book will introduce the reader to the world of 
physical chemistry of magmas. 

July 1990 
Moscow, Tokyo and Washington 

LEONID L. PERCHUK 
IKUO KUSHIRO 
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Chapter 1 
The Viscosity of Magmatic Liquids: 
Experiment, Generalized Patterns. 
A Model for Calculation and Prediction. 
Applications. 

Edward S. Persikov 

Introduction 

Knowledge of the viscosity of fluid magmatic systems is extremely important to 
the understanding of igneous processes. Such processes include the ascent of 
magma from depth, the dynamics of magma generation and evolution under 
variable temperature and pressure conditions, the relative proportions of effusive 
and intrusive rock masses, differentiation processes, and heat and mass transfer. 

High-temperature high-pressure viscosity measurements in magmatic liquids 
involve complex scientific and methodological problems that have faced workers 
in physical geochemistry and petrology for more than 50 years. Much of the 
progress made in the field is due to Volarovich, Kani, Shaw, Khitarov, Lebedev, 
Carron, Murase, Kushiro, Scarfe, Urbain among others. Clearly, it would be an 
unrealistic task to try to study all possible magmatic liquids by experiment. No 
substantial theory has yet been offered to describe the viscosity of such complex 
systems. In addition, the existing empirical methods for viscosity calculation and 
prediction do not allow for the effect of volatiles so that the results produced so 
far are much less accurate than experimental data. When the author began 
viscosity studies (1969), the experimental evidence had been mainly on viscosity 
in anhydrous melts under atmospheric pressure and only limited work had been 
done on hydrous granitoid melts. 

Newton's law of viscosity states that the shear stress in liquids undergoing 
laminar flow is proportional to the local velosity gradient perpendicular to the 
stress: 

r=r,.y (1) 

where r is the shear stress, y is the velocity gradient, and '7 is the viscosity 
coefficient. 

In the cas system, the unit of viscosity is 1P (poise-dyn· sec· cm-2 ); in the 
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CI system it is 1 Pa' sec = 10 poises. The viscosity of normal (Newtonian) liquids 
decreases with increasing temperature at constant pressure and is independent 
of the velocity gradient and the magnitude of the shear stress for low values of y 
and T. Many liquids do not obey eq. (1), and in rheology these liquids are called 
anomalously viscous: non-Newtonian, viscous-plastic, pseudoplastic and viscous
elastic (Reiner, 1958). 

Systematic viscosity studies on anhydrous natural and synthetic aluminosili
cate melts have shown that the laminar flow they undergo in the liquidus region 
approximates closely the Newtonian model (e.g. Volarovich, 1940; Shaw, 1969). 
Viscosity measurements on hydrous obsidian (Shaw, 1963) and basalt (Persikov, 
1981a) melts show that the flow in hydrous melts under near-liquidus conditions 
is also approximately Newtonian. 

The purpose of the present work is to study the rheology of magmatic 
volatile-bearing melts as a function of their structure, composition, temperature 
and pressure, and to derive a method for calculating and predicting viscosities. 
The application of the results to some problems in the geochemistry and petro
logy of magmas also will be discussed. 

Experimental Methods 

In the present work, the falling-sphere method was adopted as by far the most 
reliable of the methods currently used under high pressures. The viscosity was 
calculated by Stokes' law. Corrections for wall effects must be applied for small 
containers, 0.02 :::;; diD:::;; 0.32 (d and D are the diameters of the sphere and 
container, respectively). In the present experiments, the Faxen correction was 
used (Shaw, 1963; Persikov, 1972): 

= 2gr2(p2 - PI)[1 _ 2.104~ + 2.09(~)3 _ 0.95(~)5J (2) 
11 9v(1 - 3.3rlh) D D D 

where h is the height ofthe cylinder containing the liquid, V is the velocity offall 
ofa sphere with radius r; P2' PI are the densities of the sphere and the liquid and 
g is the gravitational constant. 

Although the falling sphere method has a sound theoretical basis, its applica
tion involves considerable methodological difficulty, mainly in the observation 
of the sphere's passage through the liquid. In this connection it is common 
practice to use quenching in nearly all high-pressure viscosity studies. 

The author's method, in which the sphere contains 60Co, has proven superior 
to conventional quenching techniques. In the first place, this method is twice the 
accuracy and much better efficiency. Furthermore, both theory and experiment 
have proved that the use of weakly-radioactive sources (to 1.5· 10-4 curie) in 
high-pressure vessels ensures complete radioactive safety. It is noteworthy that 
the experimental technique allows for direct measurement of the time lag in the 
fall of the sphere once the temperature and pressure reached the planned values. 
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The bulk of experimental evidence obtained with this technique on anhydrous 
and volatile-bearing magmatic melts clearly indicates that these time lags are 
random and arise from various causes. 

In some runs, despite efforts to keep surface effects low, the time lags were an 
order of magnitude higher than the time of fall of the sphere in the melt. With a 
quenching technique, therefore, scatter in the experimental points can be large. 
An attempt to overcome this limitation of the quenching method was made by 
Kushiro et al. (1976). The results from two or three runs under definite P- T 
conditions with spheres of similar diameter were plotted on time versus distance 
of sinking graphs, and the average settling velocity was obtained from the slopes 
of the lines. The only limitation of this otherwise correct modification is that 
there should be at least three experimental points if the lines obtained are to 

J 

IJ 

Fig. 1. Diagram of the gas pressure radiation viscosimeter. (1) Vessel. (2) Heater. (3) Sphere 
filled with 60Co. (4) Thermocouples. (5) Capsule with experimental melt. (6) Container 
with the gas-fluid separator. (7) Pressure gauges. (8) Valves. (9) Booster oil-gas. (10) Oil 
tank. (11) High pressure oil pump. (12) Oil-gas compressor-separator. (13) Gas bottle. (14) 
Spectrometric gamma scintillation counter. (15) Radiometric post. (16) Electronic re
corder. (17) Temperature measurement and automatic control panel. 
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represent the average settling velocity of the sphere adequately. Although it does 
not enhance the accuracy of viscosity measurements, Kushiro's modification 
allows erroneous results to be rejected and thus enhances the reproducibility of 
experiments considerably. 

All the experiments reported here were carried out in a radiation high-pressure 
viscosimeter (Persikov, Kochkin, 1973) of a greatly improved design. The viscosi
meter allows wider temperature and pressure ranges, higher accuracy, and a 
wider choice of fluids. Density studies can also be performed on volatile-bearing 
melts (Persikov, Epelbaum, 1978, Persikov, 1984). 

As shown schematically in Fig. 1, the apparatus has a radiation viscosimeter
densitometer (a three-layer water-cooled container) that can move through 180° 
about its horizontal axis; two blind holes are drilled to collimate the ')I-quantum 
flux emitted from the radioactive filling of the sphere. 

The assembly includes an independent two-stage system for compressing 
cylinder gas (high purity Ar). The gas pressure is measured by a Bourdon-tube 
pressure gauge accurate to ± 1%. The internal heating assembly consists of a 
three-section heater that generates a gradient free zone symmetric about the 
viscosimeter rotation axis; six thermocouples (three each for regulation and 
control of the gradient-free zone); and a high-precision temperature regulator, 
type BPT-2. The error in the temperature measurement at high pressures was 
± 2.S-S°C. The inner volume of the capsule with the starting material was 
separated from the pressure-transmitting gas by a special separator-equalizer 
which ensured gradient-free gas pressure on the fluid and melt. The gradient-free 
zone contained the reaction (platinum) capsule with the sample and sphere 

Fig. 2. Diagram of the reaction capsule. (1) Platinum cap with holes. 
(2) Alundum plug. (3) Sphere with radiation source. (4) Melt. (5) Plati
num capsule. (6) Powdered glass (quenched melt) 
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2 6 to 14 18 22 26 30 34 38 42 
L, mm 

Fig. 3. Calibration curve of the radiation viscosimeter. (I) Intensity ofy-radiation, imp/sec. 
(8) The true distance between the collimators. 

(platinum or platinum-rhodium) filled with 60Co. In runs with vohttile-bearing 
melts, the container volume was filled with H2 0, aqueous solutions of HCI, 
NaCl, HF, and H2 , Ar and other materials. 

In the experiments the viscosity was measured by placing the charged reaction 
capsule (Fig. 2) in the container. The velocity of the sphere was determined from 
the relationship between the run time and the settling distance. The distance was 
obtained from the calibration curve (Fig. 3) based on a special experiment 
(Persikov, 1973, 1976). The time of fall was measured by changes in the y-beam 
intensity. The distance between the maxima represents the time of passage 
between the collimators. Statistical analysis of the times of fall in calibration 
liquids showed that the relative uncertainty in measuring the time was not higher 
than ± 1%. 

The viscosity of the melt at given T and P was calculated from Eq. (2) written 
in the form: 

11 = C·l1p· t (3) 

where t is the time taken by the sphere to cover the distance between the 
collimators; /l.p is the density difference between the sphere and the melt, and C 
is the apparatus constant (for the sphere used in the run). Platinum-rhodium 
spheres ranging in diameter from 0.13 to 0.21 cm and filled with 60Co of the 
activity (0.5-1.0) . 10-4 curie were used in all runs. 

The total relative uncertainty in measuring the viscosity on the radiation 
viscosimeter is within ± 10% as shown by both experimental viscosity measure
ments in calibration liquids and reproducibility of experimental results on visco
sities of magmatic melts. Systematic experimental studies on the viscosity of 
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magmatic melts were carried out for a wide composition range including: acidic 
melts (granite, albite, potassium tetrasilicate), feldspathoid (nepheline syenite), 
intermediate (andesite), and basic (basalts of different composition). 

Experimental Results. Discussion 

Previous viscosity studies on rock and mineral melts at atmoshperic pressure 
show that acidic melts (SiO 2, albite, granites, obsidians) have the highest viscosity 
(e.g. Kani and Hosokawa, 1936; Volarovich 1940; Leontieva, 1940; Murase et 
aI., 1962, 1973; Scarfe, 1977). However, these studies were done on granitoid melts 
that are virtually volatile-free and they therefore could not explain a number of 
structural characteristics of intrusive rocks. In particular, the homogeneity of 
vast granitoid batholiths, thin granitoid intrusions extending for considerable 
distances in dykes and sills, and the distribution of deep-seated and country rock 
xenoliths, were thought (Shipulin, 1969; Sharapov and Golubev, 1976; Volokhov, 
1979 and oth.) to be related to the low viscosity of granitic magmas caused by 
the presence of volatiles. 

By the time the author began his work, data on the viscosity of hydrous 
granitoid melts (e.g. Shaw, 1963; Burnham, 1963) was available to support the 
validity of such inferences. However, quantitative evaluation and analysis of any 
of the magmatic processes operating under various conditions in the earth's crust 
can only be based on systemetic investigations of the temperature, pressure and 
composition dependencies of the viscosity of magmatic melts. 

Table 1 gives the chemical compositions for the experimental samples together 
with average rock compositions (from Le Maitre, 1976). The table also contains 
calculated values for the structural chemical characteristic, K = 100· 0 A/T -
"percentage of broken bonds between the tetrahedra of the aluminosilicate" 
(Carron, 1969) or K = 100· NBO/T-the ratio of non bridging oxygens per tetra
hedrally coordinated cations (Bockris and Reddy, 1970; Mysen et aI., 1980). This 
ratio expresses the degree of depolymerization of aluminosilicate melts. 

Viscosity of Model and Granitoid Melts 

Over the 800-1450°C temperature range and at fluid pressures up to 750 MPa, 
temperature, composition and pressure dependences were studied for the fol
lowing systems: K 2 0· 4Si02 ; K 2 0· 4Si02 + H 2 0 + Ar; Na2 0· A12 0 3 • 6Si02 

(albite); Ab(albite) + H 2 0; Ab + Ar; granite + H 2 0; granite + H 2 0 + HCl; 
granite + H 2 0 + NaCl; granite + H 2 0 + HF. 

Analysis of the results, parts of which are given in Table 2 and Fig. 4-8, and 
comparison with other workers' results (Lebedev, Khitarov, 1979; Shaw, 1963; 
Burnham, 1963; Kadik and others., 1971) have made it possible to explore new 
facets of the rheologic characteristics (1'/, E) of granitoid melts. 
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Table 2. Viscosity and activation energy of dry and hydrous model and 
granitoid melts 

T 
Ps PF1 

Nj ,f1. log '1 E 
°C MPa wt% ('1 - P.) Kcaljmole 

2 3 4 5 6 

K 2O'4Si02 
1000 0.1 0 0 4.34 

45.2 
1300 0.1 0 0 2.82 

K20'4Si02 + Ar + H2O 
1000 150 150 H20 = 0.2 3.88 

Albite, Albite + H2 ° 
1400 0.1 0 0 5.25 68.0 
1400 400 0 0 5.02 65.2 
1100 50 50 H20 = 1.9 5.26 

55.0 
1250 50 50 1.9 4.46 
1000 200 200 H20 =4.5 4.82 

48.0 
1200 200 200 4.5 3.75 
1000 400 400 H20 = 6.9 3.71 

42.5 
1200 400 400 6.9 2.84 
1200 400 50 1.9 4.35 52.9 

Granite + H2 ° 
800 50 50 H20 = 2.1 6.1 

48.7 
1100 50 50 2.1 4.25 
800 100 100 3.3 5.8 

45.5 
1200 100 100 3.3 3.25 
800 200 200 5.2 4.97 

41.6 
1200 200 200 5.2 2.67 
850 700 700 12.3 4.2 

38.8 
950 700 700 12.3 3.4 

Granite + H20 + 0.2 M HCI 
1100 50 50 H20 = 2.1, HCI = 0.1 5.04 

54.6 
1250 50 50 H20 = 2.1, HCI = 0.1 4.36 
950 200 200 H20 = 5.6, HCI = 0.1 4.65 

46.3 
1100 200 200 H20 = 5.6, HCI = 0.1 3.85 
900 400 400 H20 = 8.9, CI = 0.1 4.1 

41.0 
1100 400 400 H20 = 8.9, CI = 0.1 3.5 

1100 400 50 H20 = 2.1, CI = 0.1 4.66 
51.8 

1200 400 50 H20 = 2.1, CI = 0.1 4.11 

Granite + H20 + 1 M HCI 
900 200 200 H20 = 5.2, CI = 0.14 5.2 

46.4 
1200 200 200 H20 = 5.2, CI = 0.14 3.58 
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Table 2 (continued) 

1 2 3 4 5 6 

Granite + H 2 0 + 0.2 M NaCl 
1000 200 200 H 2 0 = 5.25, CI = 0.1 4.62 

47.9 
1250 200 200 H 20 = 5.25, CI = 0.1 3.7 
900 400 400 H 20 = 8.7, CI = 0.1 4.03 

41.0 
1100 400 400 H 2 0 = 8.7, Cl = 0.1 3.35 

Granite + H 2 0 + 1 M HF 
900 200 200 H 2 0 = 6.3, F = 1.6 4.66 

45.1 
1200 200 200 H 20 = 6.3, F = 1.6 3.36 

1. Temperature dependence of viscosity in model and granitoid melts is expo
nential whatever the fluid composition or pressure (lithostatic-P., fluid-Pn). 
The relationship is adequately described, within experimental error, by the 
well-known Arrhenius-Frenckel-Eyring equation 

'1 = '10' exp(E,,/RT) (4) 

where T is the temperature in K; R is the universal gas constant, '10 is the 
pre-exponential constant for the viscosity ofliquids at T - 00, E" is the activation 
energy of viscous flow (cal/mol). 

It is very important that experimental values for the pre-exponential term in 
Eq. (4) is constant and approaches the theoretical value. In Fig. 4 these values 
are illustrated for anhydrous and hydrous albite and granite melts; and in Fig. 
5 for granitoid melts, with the other workers' results extrapolated assuming 
log '10 = - 3.5. On the basis of these values, comparable activation energies of 
viscous flow were obtained from the slopes of the temperature dependence (Figs. 
4, 5), or from the simple equation: 

E = 4.576· T· (log '1T + 3.5) (5) 

where '1T is the melt viscosity at T, determined from the temperature dependence. 
It will also be noted that for all these melts, the activation energy is independent 
of temperature over the entire range under study. 

2. Compositional dependence (with respect to fluid components) of the viscos
ity of granitoid melts. 

Systematic experimental studies of the compositional dependences on '1 = 
!(NH10) Fig. 6 and E = !(NH10)' Fig. 7 in the systems granite + H 2 0 and 
albite + H 2 0 (Table 2), and theoretical analysis have led to the following 
conclusions: 

1. Dissolution of H 2 0 considerably depresses the rheologic characteristics and 
thus causes profound structural changes in granitoid melts-depolymeriza
tion, or an increase in basicity. Note that the extent to which the H 2 0 content 
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Fig. 4. Temperature dependence of 
viscosity of dry and hydrous albite 
melts (numbers at the straight lines 
and in parentheses are mass and mole
cular % H2 0, respectively, in the 
melts). (1) Author's experimental data. 
(2) Viscosity of dry albite melt from 
Kani et al., 1936. (3) Viscosity of 
hydrous albite melt from Lebedev and 
Khitarov, 1979. (4) Viscosity of hy
drous melt at PH20 = 50 MPa and 
p. = 400 MPa. c51 and c52 are the uncer
tainties in viscosity measurements 
reported in the literature and from 
author's experiment, respectively. 
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influences the rheologic properties ('1, E) of the granitoid melt is controlled by 
the water dissolution mechanisms operating at different stages. 

The complex study on the melt viscosity and water solubility in the system 
granitic melt-water has made it possible to determine the kinetics of the 
attainment of equilibrium (Persikov, 1974). These studies were combined with 
kinetic studies on thermal dehydration in quenched hydrous granitic glasses 
and investigation of their IR absorption spectra to reveal some new features 
in the H 2 0 dissolution mechanism (Persikov, 1974). These features were later 
confirmed for magmas over a wide compositional range-from acidic to basic 
(Persikov, 1981, 1984). 

2. At H2 0 contents up to '" 4.5 and 6.4 wt% in the granite and albite melts 
respectively, the chemical dissolution is predominant, i.e. water occurs in the 
dissociated form (OH-hydroxyl). The continuing dissolution brings a change 
in the dissolution mechanism-the physical dissolution replaces the chemical 
one (molecular H2 0); and its effect on the viscosity and activation energy is 
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Fig. 5. Temperature dependence of viscosity in 
dry and hydrous granitoid melts. (1) Viscosity of 
hydrous melts of Barlaksky granite (Persikov, 
1972, 1976). (2) Viscosity of hydrous melts of 
Eldzhurtinsky granite (Lebedev and Khitarov, 
1979). (3, 4) Viscosity of dry granitic and obsidian 
melts (Kani and Hosokawa, 1936, Leontieva, 
1940).151 ; c52-uncertainties ofthe reported exper
imental data. Numbers at the curves are mass 
water contents in the melts. 

Fig. 6. Viscosity ofthe system Barlaksky granite
H 2 0 under equilibrium conditions (PH20 = Ps). 
(1, 2) Experimental and calculated values. (3) 
Viscosities calculated from the PH20 = 300 
MPa. (4) Viscosity of dry granitic melt (5) 
Viscosity of dry obsidian melt. I, II, III, IV -are 
viscosity isobars; PH20 is respectively, 50, 100, 
200 and 300 MPa. (SG) and (LG) are viscosities 
of the hydrous Barlaksky granite melt under 
solidus and liquidus thermodynamic parameters 
(T, PH20 , NH20 ). 
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considerably weaker, leaving the melt basicity unchanged. It should be noted 
that the data obtained on the basis of viscosity measurements are in good 
agreement with those of Stolper (1982) who used spectroscopic methods. 

3. Hydrous granitoid melts are rather mobile liquids with viscosities comparable 
to those of anhydrous basaltic melts for a wide range of temperatures and 
H 2 0 contents. 
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Fig. 7. Plot of the activation energy of the 
granitoid viscous flow versus water content in 
the melt. (1, 2) Albite and granitic (Barlaksky) 
melts. (3) Eldzhurtinsky granite-H20. (4, 5) 
Obsidian and granite dry melts. (6) System 
obsidian-H2 0 (Shaw, 1963). (7) Pegmatite
H 2 0 (Burnham, 1963). 
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Important as it is, water is not the only component offluid systems. Viewed 
in the framework of the fluid magmatic interaction in granitoid systems, other 
fluid components in order of significance are carbon dioxide, chlorine and 
fluorine (e.g. Burnham, 1979; Marakushev, 1979; Ryabchikov, 1975). 

The effect of CO2 on the rheologic properties of granitoids was not studied. 
However, with respect to granitoid magmatism, the effect of CO2 on the system's 
rheologic behavior, i.e. a decrease in the H 2 0 partial pressure and a concomitant 
decrease in water solubility in the granitic melt, is due to mere dilution of the 
hydrous fluid. This conclusion is drawn reliably from the available experimental 
data on the low solubility of CO2 in granitoid melts under water-carbon dioxide 
fluid pressure corresponding to the entire depth range in the crust (e.g. Mysen 
et aI., 1976, Kadik and Eggler, 1976), as well as from the theoretically and 
experimentally established ideality of the system H2 0 + CO2 under magmatic 
conditions (e.g. Ryabchikov, 1975). 

The effect of added CO2 in hydrous granitoid fluids, as well as the polymeriza
tion effect of CO2 on the rheologic properties of granitic melts under high 
pressures, can now be evaluated with reasonable accuracy using the proposed 
method (see below). 

The effect of the added chlorine ion on the rheologic properties of granitic melts 
has been studied in considerable detail (Table 2). It follows from the results of 
these studies that, for comparable T, P, NH2o, the addition of chlorine compounds 
to the aqueous fluids increases the rheologic characteristics of hydrous granitic 
melts considerably. Notably, the magnitude of 11 and E depends largely on PH20 

(NH2o) in the melt, decreasing with increasing pressure and is only slightly affected 
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by the chlorine concentration or the manner in which the chlorine ion enters the 
solution (acid or salt). 

However, an increase in the viscosity and activation energy is not related to 
the incorporation of chlorine into the melt structure, the CI solubility in granitic 
melts being extremely low (Table 2), but rather is due to alkali and iron losses 
from the melt to the aqueous chloride fluid, i.e. debasification of the melt (Table 
1). 

The effect of the fluorine ion addition to the fluid (1M HF), on the viscosity of 
hydrous granitic melts was studied at Pfl = 200 MPa. It follows from Table 2 
that water and fluorine have considerably different effects on the rheologic 
properties of hydrous granitic melts. The dissolution of the water is responsible 
for depolymerization of the melt structure, whereas substitution of fluorine for 
part of the H2 0 in the melt would result in polymerization of the melt. According 
to the data in Table 2, equimolar substitution of fluorine for water causes a 
marked increase in '1 and E of the hydrous granitic melt over the temperature 
range covered. It is interesting that the effect of addition offluorine to the hydrous 
fluid on the '1 and E of the melt correlates closely with the new conception 
(Kogarko a. Kriegman, 1981) that fluorine acts as a polymerizer of silicon-oxygen 
tetrahedra in the melt. However, the system granite + H2 0 + HF that can exist 
only under high fluid pressures is a special case. Fluorine appears to be a 
polymerizer for the silicon-oxygen tetrahedra at the intermediate stage in the 
interaction between the aqueous fluoride fluid and the granitic melt. It has been 
found that addition of fluorine to the aqueous fluid produced no apparent effect 
on the rheologic properties of the melt: the melt did not respond to the addition. 
This process can be represented schematically by the set of equations: 

2(-Si-O-Na) + 2HF-+=Si-O-Si +H2 0 + 2NaF-+ 

2(_Si-O-H) + 2NaF (6) 

As a result, the fluorine anions bind to alkali metal cations and the water thus 
produced in the melt depolymerizes once again the silicon-oxygen (aluminum
oxygen) tetrahedra. The molar amounts of bridging oxygens in the melt remain 
essentially the same, so the structure-sensitive characteristics of the melt ('1, E) 
should not undergo drastic changes. 

The Pressure Dependence of Viscosity of Granitoid Melts 

The viscosity and activation energy of anhydrous, hydrous model and granite 
melts decrease with increasing total (litho static) and fluid pressures (Table 2). 
Some of the results obtained for the system granitoid melt + H2 0 are given in 
Fig.8. 

The viscosity of granitoid melts is seen to decrease most noticeably at PH20 = p., 
which is the direct result of increasing water content in the melt. Comparing the 
results obtained for the dependence of '1 and E on pressure and water content in 
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Fig. 8. Plot of the viscosity of granitoid melts versus pressure. (1, 2, 3) Respectively, 
PH20 = 0, PH20 < Ps (T = 900°C, H 2 0 = 2, 5 wt%; T = 1200°C, H2 0 = 1.9 wt%) and 
PH20 = Ps· 

the melt it is found that the nature of the water pressure effect on the granite melt 
viscosity at constant temperature is defined by the H 2 0 dissolution pattern at 
different saturation pressures (Persikov, 1974). For instance, at T = llOO°C and 
water pressure 100 MPa, the viscosity of the granite melt decreases by a factor 
of 104 as compared with that of the anhydrous melt, and from 100 to 500 MPa 
at 1100°C, the viscosity decreases by a factor of only'" 30. The bulk water content 
in the granitic melt under these conditions is 3.3 and 11 wt%, respectively. It will 
be noted in this respect that the author's idea (Persikov, 1974), that the water 
dissolution in the system granitic melt-water proceeds mainly through a chemical 
mechanism up to the equilibrium pressures of PH20 '" 150 MPa, correlates well 
with the observed inflection in the relation E = f(NH2o ) at NH20 '" 4.5 wt%. In 
fact, the experimental data on water solubility in granitoId melts (e.g. Goranson, 
1931; Burnham et al., 1958; Ostrovsky, 1963; Kadik et aI., 1971; Persikov, 1972, 
1974, show that the equilibrium pressure", 150 MPa (average for the 800-1200°C 
range) corresponds to a water content of NH20 '" 4.5 wt%. The study of the 
litho static pressure effect on the viscosity of fluid-granite melts (p. > PfI) showed 
(Table 2 and Fig. 8) that the viscosity of the melt decreased with increasing Ps 

though by much less than under the equilibrium conditions (PH20 = p.). How
ever, this effect is more pronounced than that produced by p. on the viscosity of 
anhydrous melts (Fig. 8 and Table 2). 

The observed decrease in the viscosity of hydrous granite melts of constant 
composition with increasing total pressure at PH20 < p. and the decrease in 
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viscosity of anhydrous albite melt under neutral gas pressure are at variance with 
the theoretical interpretation of the pressure dependence of viscosity of simple 
liquids (e.g. Frenckel, 1945; Glasstone et aI., 1941). Although the mechanism of 
this phenomenon is not yet understood (see below) it must be related to some 
structural changes. In the experiments on granitoid melts, the activation energy 
of viscous flow was found to decrease with increasing total pressure (Ps ) (Table 
2 and Fig. 2-8) under isochemical conditions. 

The Viscosity of Nepheline-Syenite Hydrous Melts 

The starting material was an Erkhilnursky massif, Mongolia, nepheline syenite 
of the composition close to the nepheline syenite average composition (Table 1). 
The temperature dependence of the viscosity of nepheline syenite hydrous melts 
was determined at 900-1200°C; the viscosity dependence on water content was 
measured at 50 and 200 MPa water pressure. The water contents of the melt, 
1.65 and 5.2 wt%, respectively, were determined on a gas-chromatographic 
analyzer CHN-1. The results are given in Fig. 9 and show that, whatever the 
water content in the melt, the temperature dependence of the viscosity of nephe
line syenite melts is approximated to within ± 10% by the exponential equation 
(4) with a constant pre-exponential (log 110 = - 3.5 ± 0.1). High-alkaline melts 
thus display the same behavior as that earlier determined for hydrous acidic 
melts. 

It is noteworthy that although hydrous nepheline syenite melts are richer in 
alkalies, their viscosities and activation energies are close to the 11 and E in 
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hydrous granitic melts for comparable values of temperature, pressure and water 
content (lines 2, 3, Fig. 9). 

Viscosities of Alkali-Earth Rock Melts of Intermediate, 
Basic and Ultrabasic Compositions 

In Table 3 and Fig. 10, 11, 12, 13 the results of runs on dry and hydrous andesite 
and basalt melts obtained on the radiation viscosimeter with the relative un
certainty of ± 10% are compared with the published data. In the present experi-

Table 3. Viscosity and activation energy of dry and 
hydrous andesite and basalt melts 

T 
Ps PH20 NH20 log I] E 

°C MPa wt% 1]- P. Kcal/mol 

Andesite (A vacha) 
1200 0.1 0 0 3.75 

49.1 
1300 0.1 0 0 3.22 
1300 400 0 0 3.15 

47.8 
1350 400 0 0 2.86 
1150 25 25 1.0 3.5 

45.5 
1200 25 25 1.0 3.25 
1100 300 25 1.0 3.64 

44.4 
1200 300 25 1.0 3.01 
1100 200 200 4.6 2.8 

40.1 
1200 200 200 4.6 2.45 

** Apokhonchich basalt 
1200 0.1 0 0 3.6 

48.2 
1300 0.1 0 0 3.16 
1200 400 0 0 3.4 

47.0 
1300 400 0 0 2.94 
1100 100 100 2.5 2.74 

39.4 
1300 100 100 2.5 1.91 
1100 375 100 2.5 2.42 

37.4 
1300 375 100 2.5 1.8 
1000 400 400 6.36 2.3 

33.9 
1300 400 400 6.36 1.27 

Tholeiite (Hess trough Pacific) 
1100 10 10 0.22 2.86 

39.9 
1250 10 10 0.22 2.3 

•• Approximately close values for viscosity of dry andesitic and 
basaltic melts are due to essentially greater degree of oxidation of 
the starting basalt (see Table 1) 



Magmatic Liquids-Viscosity 

Fig. 10. The temperature dependence of viscosity of 
dry and hydrous melts ofthe Apokhonchich basalt. (1, 
2, 3) The water content in the melt is, respectively, 0; 
2.5; and 6.4 wt% 
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ments, the temperature and pressure dependences were measured at PH20 = 0 
and PH20 < Ps, and the dependence of viscosities on the water content was studied 
to 20 mol% Hz O. 

Starting materials were an Avacha andesite and basalts of different composi
tion (Klyuchevskaya sopka, lava flow Apokhonchich, and a Hess trough tho
leiite, Table 1). 

Experiments with dry melts under atmospheric and high pressures were run 
in an argon atmosphere. The oxygen partial pressure was maintained by water 
in the magnetite stability field in experiments with hydrous melts under run 
conditions (PH20 = 25 - 400 MPa, T = l000-1400°C) because the container 
design precluded considerable hydrogen losses from the reaction zone during the 
runs. 

The amount of water dissolved in the andesite and basalt melts at high 
pressures was determined by thermally dehydrating glasses produced by the 
isobaric quenching of hydrous melts. The hydrous glasses were heated to T = 
1000°C in a helium atmosphere, and the amount of water released was de
termined on a gas-chromatographic analyzer CHN-I (analyst S. Koshemchuk). 

Temperature Dependence of Anhydrous and Hydrous Andesite and 
Basalt Melts 

The analysis of the results (Fig. 10, 11, and Table 3) showed that this temperature 
dependence obeys eq. (4) closely with the constant pre-exponential (log'1o = 
-3.5 ± 0.1), as it did with acidic melts. Therefore, Eq. (5) was used to obtain 
comparable values for the activation energies of viscous flow for all melts studied 
by experiment (Table 3). It is interesting that other workers' results on viscosity 
studies on dry andesitic and basaltic melts when treated on the assumption of 
'10 = constant, were also found to give a good fit (within the 10-30% uncertainty 
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Fig. 11. The temperature dependence of viscosity of dry and hydrous melts of the A va 
cha andesite (P-MPa) (1) P, = 0.1. PH20 = o. (2) Ps = 400, PH20 = O. (3) P, = PH2 = 200. 
(4) P, = PH20 = 25. (5) Ps = 300, PH,Q = 25. (6) Ps = PH20 = 200. 

limit) to the theoretical Eq. (4), Fig. 13. Therefore, it became possible to obtain 
comparable values for the activation energies of viscous flow for these melts also 
(Fig. 13). 

Composition Dependence of Viscosity of Dry and 
Hydrous Andesitic and Basalt Melts 

The results from the present viscosity studies on the andesite and various basalt 
melts (Table 3) were compared with other authors' data it was shown that 
anhydrous basaltic melts have a wide range of viscosity covering some 1.5 orders 
of magnitude. With increasing basicity of the melt, the viscosity decreases uni
formly from considerably viscous high-alumina basalts to mobile olivine tholeii
tic melts. Note that the rheologic characteristics (11, E) of anhydrous and hydrous 
andesitic melts are close to those of high-alumina basalts. Water was found to 
dissolve in andesitic, basaltic and granitoid melts in two forms. However, unlike 
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granitoid melts, the change of the water dissolution mechanism (from the chemi
cal to essentially physical) in melts of intermediate and basic compositions occurs 
at considerably lower bulk water contents in the melt (5-8 mol% H2 0). Indeed, 
the dissolution of the first 7.5 mol% H2 0 in a basaltic melt causes the activation 
energy to decrease by about 25%, and the viscosity to decrease by nearly an order 
of magnitude. Subsequent addition of the same amount of water to the melt 
decreases E by 8% while the viscosity drops to one third. The same amount of 
H2 0 dissolved in the granitic melt decreases its viscosity by a factor of 5000. 

Pressure Dependence Studies 

Viscosities in both anhydrous and hydrous andesitic and basaltic melts were 
found to decrease with increasing pressure (Table 3 and Fig. 12) and the same 
applies to acidic melts. The greatest drop occurs at PH20 = Ps. A smaller decrease 
in viscosity of andesitic and basaltic melts occurs at PH20 < Ps. With increasing 
neutral gas pressure that models the lithostatic pressure (Ps), the decrease in 
viscosity of anhydrous melts is even smaller: at T = 1200°C and Par = 400 MPa, 
the viscosity in the basaltic melt decreased only by a factor of 1.5. The activation 
energies of viscous flow in both anhydrous and hydrous melts of constant 
composition (Table 3) also decrease with increasing Ps. This effect implies that 
the melts undergo structural changes with increasing total pressure. 

The results obtained in this study on the Ps effect in andesitic and basaltic 
melts agree well with those of Scarfe (1973); Kushiro et al. (1976); Lebedev, 
Khitarov (1979). 

The author did not study the viscosity of ultramafic melts. Ivanov and Stengel
mayer (1982) reported such results from a study under atmospheric pressure. 

Fig. 12. The pressure depen
dence of viscosity of dry and 
hydrous basalt melts. (1) Apok
honchich basalt. (2, 3) Kirgurich 
basalt (the straight line is PH20 = 
0; the curve line is PH20 = p.), 
(Lebedev and Khitarov, 1979); 
(4) Apokhonchich basalt (P. > 
PH20 , H2 0 ~ 2.5 wt%). 
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However this interesting work did not include activation energies of viscous flow 
in ultramafic melts that are indispensable for determining rheologic properties 
of magmatic melts through the entire range of composition. Therefore, the results 
from this work on the temperature dependence of viscosity were calculated by 
the present author's method, These calculations show that the temperature 
dependence of viscosity in ultramafic melts is approximated fairly well by the 
Arrhenius-Frenckel relation with the constant pre-exponential (log'1o = - 3.5). 
Several conclusions concerning the viscosity of magmatic melts in the alkali
earth series (intermediate, mafic, uitramafic) can be drawn from the present 
experimental studies: 

1. The viscosity range of anhydrous melts in this series is fairly large, being some 
4 orders of magnitude. With increasing depolymerization (basicity), the viscos
ity of melts in this series decreases uniformly. At near-liquidus temperatures, 
the viscosity of anhydrous andesite, basalt and dunite melts at atmospheric 
pressure is 5600 P (andesite, 12OO°C), 4365 P (high-alumina basalt, 1200°C), 
361 P (olivine tholeiite, 1250°C); 1.1 P (dunite, 1720°C). 

2. The dissolution of water in intermediate and basic melts causes a decrease in 
viscosity although it is not so marked as in acidic melts. In this process, the 
proportion of the chemically bound water (OH-) depends on the degree of 
depolymerization in the original (anhydrous) melts and decreases uniformly 
in the sequence, acidic-intermediate-basic melts. 

3. The temperature dependence of viscosity in both anhydrous and hydrous 
melts is exponential. Depending on the structural state of the melt, the numer
ical values of the activation energy decrease in the sequence: andesitic (anhy
drous and hydrous)-basaltic (anhydrous and hydrous)-ultrabasic melts. 

4. Viscosities of anhydrous and hydrous melts (andesites and basalts) decrease 
under water pressure as well as neutral (Ar) gas pressure that models the 
lithostatic pressure. Water pressure has the greatest effect at PH20 = Ps. 

Generalized Patterns, A Method for Calculation and 
Prediction of Viscosities in Magmatic Melts 

Magmatic melts are regarded as polyanionic liquids of complex composition and 
structure (e.g. Shaw, 1972; Burnham, 1979; Bottinga and Weill, 1972; Mueller 
and Saxena, 1977; Mysen et aI, 1980; Kushiro, 1980; Persikov, 1984). No compre
hensive theory on viscosities of such complex systems has as yet been developed, 
so a new method for calculating and predicting rheologic characteristics of 
magmatic as well as compositionally simpler silicate and aluminosilicate melts 
has been proposed. Analytical equations for the viscosity-temperature-pres
sure (total and fluid)-composition (with respect to petrogenetic and volatile 
components) dependences were derived. The latter were based on analysis of the 
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relationship between the structure of magmatic melts and the evolution in their 
chemistry viewed in the framework of the Frenckel molecular-kinetic theory of 
liquids. The experimental basis for the new method comprises the bulk of the 
author's and other scientists' results of work on viscosity of magmatic melts at 
atmospheric and high pressures and abundant experimental evidence on viscosi
ties in binary, ternary and more complex silicate and aluminosilicate melts. The 
basic criteria for selecting the data were as follows: a) the maximum possible 
simplicity of analytical relations; and b) accuracy of viscosity prediction and 
calculation consistent with that of the experimental results. 

Temperature Dependence of Viscosity of Magmatic Melts 

The temperature dependence of viscosity of silicate and alumino silicate melts is 
best described by the simple exponential Eq. (4). In the Frenckel (1945) and 
Eyring et al (1941) theories, the pre-exponential constant in Eq. (4) is independent 
of T, P, or liquid composition within the boundary conditions specified by the 
authors. This independence is very important because only with it ('10 = const) 
will comparison of the activation energies in compositionally different liquids, 
as well as E-composition plots, have a stricit physico-chemical meaning. This 
problem was earlier discussed by Shaw (1972) in his model for silicate melt 
viscosity prediction. 

Kobeko (1952) showed '10 to be nearly constant and independent of composi
tion in many liquids (alcohols, acids, organic and inorganic glasses etc.) and the 
author and co-workers have found it to remain constant in magmatic melts over 
a wide range of compositions. These findings formed the basis for the analysis of 
all experimental data available on viscosities in magmatic, silicate and aluminosi
licate melts. A statistical gave the weighted mean '10 = 10-3.5, which is a good 
fit to the theoretical value (e.g. Frenckel, 1945). 

Generalized data on the temperature dependence of viscosity in magmatic and 
compositionally simpler silicate and aluminosilicate melts were obtained using 
the determined value for the pre-exponential and the ± 30% confidence limit for 
viscosity estimates. Most of these data are given in Fig. 13. Note that although 
the uncertainty limit is large in terms of the strict molecular theory of viscosity 
for compositionally simple liquids, it is commonly the highest accuracy achieved 
in experiments at high pressures. Results from different authors show, in places, 
even greater variance for compositionally similar systems, as illustrated in Fig. 
13a for silica melts (lines I-II-III). 

The regular arrangement of the curves for temperature dependence of viscosity 
in Fig. 13, allow the experimentally determined patterns to be applied with 
sufficient accuracy to the whole composition range of magmas-from granitoid 
to ultramafic. It is very important that the new activation energy values for 
viscous flow in these systems can be correlated with high accuracy ( ± 1.0% within 
the stated ,1'1 = ± 30% error limit), which was in principle unattainable with 
traditional data-handling techniques. 
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Fig. 13(a, b). The temperature dependence of viscosity of magmatic aluminosilicate and 
silicate melts (log '10 = -3.5, ~ = wt%). (I) Si02 /I-dates of Bacon and Avray from the 
handbook, Mazurin et aI., 1973, 1976;j. l' -dates of Brucker from the handbook; 1"-Vo
larovich, 1937, Bockris et aI., 1955. (II) Albite/2-dry melt, 4,6,9-hydrous melts, NH20 = 
1.4; 4.5; and 6.9, Persikov, 1984, 1980a. (III) System K 2 0-Si02 / 3,8,9-NK20 = 3.9; 22.5; 
41.6-author's data and from the handbook*. (IV) System granite-H2 0/19, 22, 27-
NH20 = 1.4; 2,2; 5.2-Persikov, 1972, 1976, 1984. (V) System basalt-H2 0/7,10,14,26, 
29-NH20 = 0; 0.7; 1.5; 2,3; 6.4; Persikov, 1981, 1984. (VI) System andesite-H2 0/1O, 
20-NH20 = 0; 4.6, Persikov, 1984. (VII) System obsidian-H2 0/5, 24-NH20 = 4.3; 6.2, 
Shaw, 1963. (VIII) System pegmatite-H2 0/9-NH20 = 8.8, Burnham, 1963. (IX) System 
granite-H2 0-HClj21-NH2o = 5.2; NCI = 0.1, Persikov, 1984. (X) Basalt/30, Murase and 
McBirney, 1973. (XI) Basalt/28, Euler and Winkler, 1957. (XII) System nepheline syenite
H 2 0/23-NH20 = 5.2, Persikov, 1984. (XIII) System Na2 0-Si02 /8, 12, 16-NaNNa2o = 
15.4; 40; 51;-Bockris et aI., 1955 and from Mazorin et al. (1973, 1977) (XIV) System 
MgO-Si02/33-NMgO = ',1.7, from the Mazurin et al. (1973, 1977) (IXV) System Li20-
Si02 /11-NLi2o = 17, from Mazurin et al. (1973, 1977). (XVI) System CaO-Si02/15-
NCao = 54.3, from Mazurin et al. (1973, 1977). (XVII) System Si02-AI20 3-CaO/17, 
Shludiakov, 1980. (XVIII) System 47.1Si02· 5.5AI20 3 · 41.4CaO· 6.0Na20/31, from the 
handbook. (XIX) Lunar basalt/32, Murase and McBirney, 1970. (XX) Systems granite
H20 and basalt-H2 0/18-granite-H20, NH20 = 5.7, 13-basalt-H20, NH20 = 3.5, Le
bedev and Khitarov, 1979. (XXI) System granite-H20-HF/25, NH20 = 6.27, NF = 1.6, 
Persikov, 1984. (XXII) Dunite/16, Ivanov and Shtengelmeer, 1982/. 
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Pressure Dependence of Viscosity of Magmatic Melts 

All present-day theories of the viscosity of liquids, whatever concepts they are 
based on, state that viscosity should increase with pressure. The experimental 
data on AI-free silicate melts (Scarfe et aI., 1979) are consistent with this theoreti
cal inference. None of these theories is able to give a plausible explanation for 
the experimentally established fact-that viscosity decreases with increasing 
total pressure in anhydrous and volatile-bearing alumino silicate and magmatic 
melts. 

Analysis of the generalized diagram for the pressure dependence of viscosity 
(Fig. 14) and the pressure effects at PH20 < Ps discussed earlier, has led to a simple 
semi-empirical equation for the pressure and temperature dependences in mag
matic melts through the range of natural compositions: 

log '1 = E/4.576· T - 3.5 + !X(Ps - PH20 ) (7) 

where the viscosity piezocoefficient has two negative values: !Xl = - 5.02.10-4 

MPa -1 for dry melts and !X2 = -1.2.10-3 MPa -1 for water undersaturated 
me1ts;-3.S is the pre-exponential constant in Frenckel's equation; E is the activa
tion energy of viscous flow in anhydrous melts at PH20 = 0, or in hydrous 
fluid-bearing melts at Ps > PH20 • According to eq. (7), the pressure correction for 
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Fig. 14. A generalized diagram of the pressure dependence of viscosity in magmatic melts. 
(1) Basalt, basalt-H2 0, Lebedev and Khitarov, 1979. (2) Albite, Persikov, 1984; Albite
H 2 0, Persikov and Epelbaum, 1980; Andesite, basalt, basalt-H2 0, Persikov, 1981, 1984. 
(3) Albite, andesite tholeiite-Kushiro, 1978, Kushiro et aI., 1976. 
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Fig. 15. The inter-relationship between viscosity, pressure and coordination transition 
Allv --+ AlvI in albite and jadeite melts. (see text for details). 

viscosity is zero at p. = PH20; in this instance, the PH20 effect on the melt viscosity 
shows up as a reduction in the activation energy owing to the dissolution of H2 0 
equilibrium concentrations in the melt. The viscosity piezocoefficient (IX) is in
dependent, to a first approximation, of the temperature and composition with 
respect to petrogenetic components because their effect is relatively small within 
the temperature range considered ( - 200°C above the liquidus) (Persikov, Epel
baum, 1979). 

The more likely mechanism of this phenomenon can involve the transforma
tion of Al from four- to six-fold oxygen coordination. However, this possibility, 
proposed by Waff (1975), is discarded by Mysen et al. (1980) and others. The 
amount of aluminum shift, which might extend to sixfold coordination in the 
albite and jadeite melts, is plotted in Fig. 15 as a function of pressure. This 
predictive diagram is based on experimental viscosity measurements and esti
mates obtained using the proposed method (an inverse problem was posed). It 
is seen that in the pressure range under experimental study (up to 24 kbar) the 
jadeite and albite melts seem to contain only about 8 mol% Alv, and retain their 
albite (framework) structure (see Fig 15). Consequently, the ratio of aluminum
oxygen to silicon-oxygen tetrahedra (e = AI'v /(AI'V + Si'V) should change by 
approximately 3%. Clearly, such small structural changes will not be recorded 
adequately in the Raman spectra of quenched high-pressure albite and jadeite 
glasses used in the study of Mysen et al. (1980). 
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The results of such calculations shows that the essentially pyroxene (metasili
cate) structure (AIVI > 50 mol%) in jadeite melt could be formed at pressures 
higher than 65 kbar. In this example, a very narrow pressure range (from 40 to 
60 kbar) can be used to determine Alvl in jadeite glass by Raman spectroscopy 
study. The amount of Alvl in the jadeite melt seems small at pressures lower than 
40 kbar (see Fig. 15). On the other hand, it has proved difficult to obtain a clear 
jadeite glass by quenching at pressures higher than 65 kbar, because quenched 
crystals of jadeite form easily in quenched melt (glass). 

The viscosity and activation energy of alumino silicate and magmatic melts 
must show two minima and one maximum with increasing pressure. The minima 
would correspond to complete transformation of Allv and the Silv cations to 
6-fold oxygen coordinations. The maximum may correspond to the begining of 
coordination change of 4-fold coordinated Si cations in such melts. The first 
minimum for jadeite melt must be approximately at 90 kbar, and the second at 
about 200 kbar. 

Compositional Dependence. The Generalized Model for 
Calculation and Prediction of Viscosities in Magmatic Melts 

As is known, among the physico-chemical properties ofliquids, viscosity displays 
the most complex dependence on melt composition (e.g. Esin and Geld, 1966, 
Bottinga and Weil, 1972). Although some progress was made towards the solu
tion to this problem by Volarovich (1937-1950), Murase (1962), Carron (1969), 
Bockris (1970), Bottinga and Weil (1972), Shaw (1972), Scarfe (1973), Sheludya
kov (1980), Urbain (1979), Richet (1984), no reasonably accurate method has yet 
been devised for the whole composition range of natural magmas. 

The problem reduces, in fact, to the two principal points: it is necessary to 
introduce some reasonably sensitive and precise criteria for assessing the struc
ture and composition of the melt. Through the effort of many scientists this task 
has been fulfilled. The criterion is defined as a structural-chemical parameter of 
the melt (K) which reflects to some extent the dynamic equilibrium of the oxygen 
quasichemical forms (Persikov, 1984) or the degree of depolymerization. How
ever, no convincing answer has yet been found to the second question-how is 
the viscosity of melts to be compared? Most previous models (except that used 
by Shaw, 1972) involved isothermal comparison, which can only be applied to a 
very narrow composition range. Because the liquidus temperature range in 
magmatic rock is very wide, the isothermal composition often has no physico
chemical meaning. It is clear that more complete information can be obtained 
by comparing the activation energies of viscous flow which do not depend on 
temperature. This comparison however has not yet been achieved. 

The dependence on composition of the activation energy of viscous flow 
through the entire range of comparison of magmatic melts, from acidic to 
ultrabasic, is shown in Fig. 16. The composition is expressed through the above 
structural-chemical parameter K, i.e. "the basicity coefficient" or the degree of 
depolymerization (Carron, 1969; Mysen et aI., 1980; Persikov, 1984). 
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Table 4. Examples of calculations of rheological properties (E, '1) of hydrous granitic 
melts 

Chemical analyses of granite 

Composition 
with two 
forms of 

Starting Run dissolved 
composition product HzO 

SiOz 73.23 64.22 69.86 
Alz0 3 13.60 11.93 12.97 
TiOz 0.19 0.16 0.15 
FeO 0.48 0.42 0.46 
Fez0 3 2.56 2.24 2.44 
NazO 3.78 3.32 3.61 
KzO 4.11 3.60 3.92 
MgO 0.17 0.15 0.16 
CaO 1.69 1.48 1.61 
PZ0 5 0.13 0.11 0.12 
HzO 12.3 
HzO(OH-) 4.6 
HzO(Ph) 7.7" 

~ 99.94 99.93 99.9 

K 0.3 101.5 35.4 

'23.1 mol% is taken into account when E is calculated with Eq. (11) 
2(0 - 2H) 

1. According to Eq. (8): K = H ·100 = 35.4 

Kcal 
2. According to Eq. (9): E(ow) = (51-0.154K) = 45.54~ 

mol 

Network-
forming Oxygen 
cations gram-ions 

x 103 X 103 

1163.2 2326.4 
254.6 381.8 

3.9 
6.4 

30.5 45.9 
58.2 
41.6 

4.0 
28.7 

1.7 4.2 

255.3 

H = 1450 0=3156.3 

3. According to Eq. (11): ECa' = 45.55 - 0.3,23.1 = 38.62 Kcal/mol Experimental value of E is 38.8 
Kcal/mole (see Table 2) 
4. flE = [(Ec,1 - E •• )/E •• ] ·100 = -0.46% 
5. Calculated value of 1/ with Eq. (10) at T = 850°C and p. = PH,o: log 1/Cal = Ecal/4.576 x T - 3.5 = 
38620/4.576 x 1123 - 3.5 = 4.01 Experimental is equal to log 1/ •• = 4.2 (see Table 2) 
6. ,1.1/ = [(1/cal - 1/ •• )/1/ •• ]: 100 = [(10359 - 15849)115849]' 100 = - 34.6% 
7. If using the experimental value of E ••. = 38.8 kcal/mol and log 1/ •• = 4.05, respectively (see Eq. 5), 
then the calculated viscosity error will be essentially lower: ,1.1/ = [(10359 - 11229)/11229] . 100 = 

-7.7% 
8. The accuracy of rheological property prediction will be essentially lower if two H 20 forms are not 
allowed for: 
a) According to eq. (9): ECal = (40 - 0.0405' K) = 40 - 0.0405' 101.5 = 35.9 Kcal /mole 
b) flE = [(35900 - 388(0)/38800] ·100 = -7.47% 
c) Calculated value of 1/ with eq. (10) at T = 850°C and p. = PH,o: log 1/Cal = 35900/4.576 x 1123 -
3.5 = 3.49 
d) ,1.1/ = [(3090 - 11229)/11229] ·100 = -72.5% 
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The degree of depolymerization was found from the following expression 
(Carron, 1969; Mysen et a!., 1980): 

K = 2(0 - 2H)'1oo = 1oo NBO 
H T 

(8) 

where H is the total number of network forming gram-ions (such as Si4 +, AI3+, 
Fe 3+ , pS+) that are tetrahedrally coordinated with respect to oxygen and are 
members of the anionic part of the melt structure; 0 is the total number of oxygen 
gram-ions in the melt. The computation is based on the rock (melt) chemical 
composition taken as wt% oxides, using the simple technique of Carron (1969), 
Persikov (1984). (see Table 4). 

In Fig. 16, the vertical lines bound a broad field of natural magma composi
tion, 5 ~ K ~ 400, which was determined in the following way. At the average 
water concentration in granitoid magmas (0.67 wt% in granites; 1.1% in rheolite), 
the basicity coefficient is greater than 5; on the other hand, in depolymerized 
ultramafic melts, K = 200: 400. For example, in an anhydrous dunite melt, K 
will be 380. 

The diagram shows that the activation energy decreases regularly in the 
sequence acid-ultramafic melts with increasing basicity. The kinks in the E = 
f(k) curve divide it into four composition ranges and can be interpreted in terms 
of the silicate solution structure theory by Bockris et al. (1954), Esin et a!. (1966), 
Mysen et a!. (1980) in the following way. At K = 17, which corresponds to the 
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Fig. 16. A generalized diagram for the concentration dependence of the viscous flow 
activation energy in magmatic (aluminosilicate) and silicate melts (symobls are the same 
as in Fig. 13a, b, see text for details). 
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dry andesite average composition, the framework structure breaks down; at 
K = 100 and 200 corresponding to the average compositions of olivine tholeiite 
(NH20 ", 3 wt%) and pyroxenite, respectively, the formation process of the di- and 
metasilicate structures is being completed. The results show that the differences 
between alumino silicate and silicate melts show up only within the first composi
tion range (K < 17). In the proposed qualitative model (Persikov, 1984), the 
structure of magmatic melts within this range is identical to the continuous 
three-dimensional framework of molten silica in which Al substitutes part of Si 
in the tetrahedra. Because of a considerable energy difference between the AI-O 
and Si-O bonds (80 and", 109 kcal/mol (e.g. Zharikov, 1969), the quantitative 
ratios of the activation energies of viscous flow will depend on the molar ratio 
e = Allv /(AIIV + SiIV) on transition from silicate to aluminosilicate melts. This 
dependence accounts for the appearance of the E = f(k) dependence fan for 
different values of e in the composition range considered (K < 17). For example, 
in Fig. 16, the E = f(k) curves are drawn for quartz (e = 0), albite (granitoid) 
(e = 0.25), and nepheline (e = 0.5) melts. The composition ranges of magmatic 
melts this determined are largely consistent with interpretation of magmatic melt 
structures by Mysen et al. (1980). 

The breakdown of the framework structure (K > 17), i.e. for the other three 
composition ranges, the structures of silicate and magmatic (alumnosilicate) 
melts become indistinguishable with respect to their energies because their acti
vation energies are equal at the same K. 

Fig. 17. Comparison of calculated and experimental viscosities of silicate, aluminosilicate 
and magmatic melts (symbols are the same as in fig. 13a, b). The dashed lines show the 
confidence limits - fJ." = ± 30%. 
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Linear approximation of the E = f(k) dependence for magmatic and alumino
silicate melts in each of the composition ranges has led to the following simple 
equations for E: 

1.0::;K::;17 

2. 17::; K ::; 100 

3. 100::; K ::; 200 

4. 200::; K :s; 400 

E 1 = (70 - 1.27· K)' 103 cal/mol 

E2 = (51 - 0.154' K) .103 cal/mol 

E3 = (40 - 0.0405' K)' 103 cal/mol 

E4 = (35 - 0.Q15· K)' 103 cal/mol (9) 

The correlation coefficients for the obtained dependences are, respectively: 0.83, 
0.92, 0.97, 0.94. 

Simultaneous solution ofthese equation with Eq. (7) produced the generalized 
equation for the concentration-temperature-pressure dependence of viscosity 
in magmatic melts: 

IOg'l1,2,3,4 = El,2,3,4/4.576T - 3.5 + oc(Ps - PH20) (10) 

Consequently, the operations required to apply the proposed method are very 
simple. 

1. The basicity coefficient (K) is calculated from the chemical analysis, ac
counting for the effect of the volatiles. Water (dissociated) is calculated from the 
equation: HzOg + O~ ~ 2(OH);:; fluorine: HFg + O~- ~ OH;;; + F;;;; carbon 
dioxide: COZg + O~- ~ CO~;;;, where 9 is the gas, and m is the melt (see Table 1). 

2. Depending on the K value, the activation energy of viscous flow is calcu
lated from one of eq. (9). At K < 17, 6 should be allowed for. 

3. The viscosity of the melt for different T, Ps, PH2o(Pn) is found from Eq. (10). 
To clarify the steps performed, an example for calculating the rheologic prop
erties of fluid-bearing granitic melts is given in Table 4. 

A direct test of the method was made by way of experimental viscosity studies 
on anhydrous and hydrous andesite and nepheline syenite melts, for which 
predicted values were first obtained. The calculated and measured values were 
found to agree to within 15 + 30%. 

A comprehensive comparison of the calculated and experimental viscosity 
data for magmatic, silicate and aluminosilicate melts (Fig. 17) shows good 
agreement, well within the stated uncertainty limits (.1.E = ± 1.0%,.1.'1 = ± 30%). 
A relatively small number of values that fall outside these limits are readily 
accounted for and arise from the variations in the Fe 3+ /Fe2+ ratio in experiments 
with melts containing variable-valence elements. 

Some Applications of the Above Results to the 
Geochemistry of Magmatic Melts and Rocks 

The results from this study have so many important applications to geochemistry 
and petrology of natural magmas that they warrant a separate publication. Some 
of the uses to which the data might be put are listed below. It has now become 
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possible to estimate and predict a number of other physico-chemical properties 
of magmatic melts known, in theory and by experiment, and to relate them to 
the rheological properties (,." E) of the melts. The more important properties are 
the mobility of petrogentic and volatile components, electrical conductivity, and 
crystal settling. 

A great deal of attention has been given to analytical and numerical methods 
of calculating kinetics and dynamics of magmatic processes (e.g. Sharapov, 
Golubev, 1976; Mueller and Saxena, 1977) in the past few years. The proposed 
model in which the viscosity is calculated from ,., = f(Nn, T, Ps, Pn) forms a 
reliable quantitative basis for such calculations. Moreover, it has become possible 
to find solutions to inverse problems bearing on structural positions of different 
ions in magmatic melts, and the dissolution mechanisms and regimes of water, 
oxygen and other volatiles. 

The Mechanism of H2 0 Solubility 

As was noted earlier, in the system granite (albite)-H2 0, andesite-H 20, basalt
H 2 0, the water solubility mechanism involves two stages: essentially chemical 
(dissociated water, OH- hydroxyl) at the first stage and essentially physical 
(molecular H 2 0) at subsequent stages. 

Fig. 18 presents the generalized E-composition diagram for the pseudobinary 
system anhydrous melt-H2 0 in the compositional range silica melt - basaltic 
melt. To construct the diagrams, experimental data on E = f(NH20 ) dependence 
has been used for melts of differing composition (for example, see Fig. 7). Linear 
sections of these diagrams have been interpolated up to the H 2 0 activation 
energy of viscous flow. The inflection points in the curves were obtained by the 
linear transformation of the coordinates and although, in the regular solution 
theory, they mark the change in the H 2 0 solubility mechanism, they are seen to 
shift towards lower H 2 0 contents with increasing basicity of the anhydrous melt. 
The absolute values AE at these points decrease by nearly an order of magnitude 
in the series silica-basalt. It is also seen that the amount of the chemically bound 
H 2 0 in pyroxenite melts tends to zero (shown by the arrow). 

In keeping with the fundamental principles of the acid-basic interaction 
(Korzhinskii, 1966) and the maximum polarity of chemical bonds (Kogarko, 
1980), the present results clearly indicate that the chemically dissolving water is 
a base, relative to melts in the specified composition range. Consequently, the 
amphoteric nature of H 2 0 is manifested on dissolution in ultrabasic melts, in 
which the concentration of free oxygen (02 -) becomes considerable (Mysen et 
aI., 1980a). This conclusion is fully supported by the depolymerization effect H2 0 
has on the structure of alumino silicate melts, which is similar to the effect 
produced by bases (e.g. Na2 0, K 2 0) added to a silicate melt. The proposed 
characteristic features of the mechanism for H 2 0 dissolution in silicate and 
alumino silicate melts (details can be found in Persikov, 1972, 1974, 1976, 1984) 
also show a good fit to a large set of the published data. Some of them are: 

1. the viscosity and electrical conductivity patterns determined for hydrous melts 
(e.g. Shaw, 1963; Scarfe, 1973; Lebedev, Khitarov, 1979); 
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Fig. 18. A generalized diagram for the 
E-composition of pseudobinary alu
minosilicate (silicate)-HzO systems 
(see text for details). 
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2. an increase in the Hz 0 solubility with increasing acidity of the melt caused 
by the dissolution of fluorine (Persikov, for granitic melts, 1984; Kovalenko, 
for ongonitic melts, 1979); 

3. an increase in the COz solubility in albite melts in the presence of water (Kadik 
et aI., 1976; Mysen et aI., 1976); 

4. kinetic studies of the thermal dehydration of hydrous granitic glasses (Persi
kov, 1974); 

5. IR and Raman spectroscopy of hydrous glasses of various compositions 
(Orlova, 1967; Persikov, 1972, 1974 Mysen et aI., 1980a; Stolper, 1982). 

Several previous works have studied in considerable detail possible reactions 
of dissolution of dissociated water in magmatic melts (Zharikov, 1969; Kadik, 
1971; Epelbaum, 1980; Mysen et aI., 1980a; Burnham 1979; Stolper, 1982). 
According to the present author's views, the reaction which predominates in 
melts with normative quartz involves the breakdown of Si-O-Si bonds. The 
two-stage dissolution of Hz 0 in magmatic melts should be taken into considera
tion in part in viscosity calculations with the proposed model. This consideration 
may readily be achieved if Eq. (10) is re-arranged in the form 

(11) 
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where Eoo- is the input ofthe dissociated water content into the activation energy 
of viscous flow; N~~o is the physical (molecular H2 0) molar concentration; and 
a is the empirical constant. The numerical value of a is 300 caljmol% H2 0 for 
acid, intermediate and basic melts. 

The Relationship Between the Viscosity of 
Magmatic Melts and Relative Occurrence of 
Effusive and Plutonic Igneous Rocks 

This relationship has been determined from the calculated viscosities for anhy
drous and hydrous melts at the liquidus T and P using the proposed method. 
Fig. 19 gives some results for anhydrous and hydrous granitoid and basalt melts. 
The thermodynamic melting parameters of rocks are from Tuttle and Bowen, 
1958; Kadik et ai., 1971; Perchuk, 1973; Burnham, 1979. 

The results show that through the wide length range in the crust (,...., 2 to 
20 km), where most granitoid massifs are believed to be formed, the viscosity of 
near-liquidus granitic and basaltic magmas is virtually independent of H 2 0 
content within the range 2-8 wt%. Also, hydrous granitic magmas (H2 0 = 2-5 
wt%) have liquidity comparable with those of basaltic and andesitic effusives. 

Totally different viscosity patterns found in near-liquidus granitoid and ande
sitic and basaltic melts at H 2 0 contents below 2 wt% are responsible for the 
contrasting relative occurrences of effusive and plutonic varieties of acid, on the 
one hand, and intermediate and basic rocks, on the other. Indeed, completely 
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outgassed near-liquidus granitoid melts with viscosities of 107-109 poise are 
unable to outpour in lava flows and only occasionally erupt as extrusions or 
explosive ejections. The bulk of granitoid melts do not reach the surface because 
their formation and crystallization occurs in the plutonic facies. 

Unlike granitoid melts, near-liquidus andesitic and basaltic melts retain their 
high mobility even when completely outgassed, as both experiments and field 
observations show. (Shaw et aI., 1968; Andreev et aI., 1978). This factor seems to 
account well for the presence of abundant basalts and andesites relative to 
gabbros and diorities in the earth's crust. 

It is emphasized that the viscosity patterns determined in hydrous magmatic 
melts under their liquidus parameters (T, P) clearly indicate that the dissolution 
ofthe first", 2 wt% H 2 0 has a decisive effect on most processes in andesitic and 
basaltic magmatism. 

Relation Between Viscosity and Acid-Basic Indicators 
of Magmatic Melts and Rocks 

Petrology and geochemistry studies of magmatic melts and igneous rocks are 
faced with a complex problem of the quantitative evaluation of acidity-basicity 
and its classification (e.g. Zharikov, 1967, 1982; Marakushev, 1979a, 1979). The 
latter implies mainly the need of reliable criteria for analyzing the chemical 
evolution of multicomponent magmatic melts and rocks. The calculated visco
sities of melts at their liquidus parameters agree well with the acid-basic in
dicators of rock-forming minerals and magmatic rocks (Table 4) in the complete 
series: quartz-Iarnite, granite-dunite. It will be noted that the viscosity as a 
physico-chemical parameter of the melt reflects, at the liquidus parameters 
(T, p., PfI , Nfl)' various aspects of component interaction in the melt. Viscosity is 
the function that depends not only on the composition but also on the ratio of 
the oxygens, i.e. acidity-basicity, the temperature and pressure on the liquidus. 

Analysis of the results in Table 4 and Fig. 16 shows that the degree of 
depolymerization (K) can be used both to compare the chemistry of multi
component magmatic rocks and their melts (e.g. Carron, 1969; Mysen, et aI., 
1980) and to estimate, to a first approximation, their bulk basicity. Consequently, 
the term "coefficient of the bulk basicity of magmatic rocks" seems appropriate. 
In particular, changes in the basicity of hydrous melts under the effect of dissolv
ing water were evaluated with this parameter. Thus, at 2 wt% H2 0 in the granite 
melt, (K) changes by a factor of 500 whereas in the tholeiite melt it changes by 
only a factor of 1.2. However, this value (K) can not be applied to simpler silicate 
and aluminosilicate systems, because, even when used with the e = Allv I(AlIV + 
SiIV) ratio, it fails to reflect fully their chemistry in terms of the acid-basic 
interaction (Table 4). 

Moreover, no experimentally determined criterion is presently available to 
give a strict quantitative characterization of the basicity of multicomponent 
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silicate and aluminosilicate (magmatic) melts (Zharikov, 1982). Therefore, it 
would seem reasonable to compare the basicities of these melts using the essen
tially experimental value (log,'IT 1)' which can be termed the "conventional basic
ity of the melt" within the stated error limit. This value was used to obtain the 
continuous basicity series for melts of rock-forming minerals from quartz to 
larnite, and for anhydrous and hydrous magmatic melts in the series granite
dunite (Table 4). 

In sum, the present generalized patterns and the new method for calculating 
rheologic properties (1'/, E) of near-liquidus magmatic melts form a sound physico
chemical basis for the quantitative evaluation of heat and mass transfer as well 
as the dynamics of magmatism. However, more detailed work needs to be done 
on the rheology of magmatic melts at T and P of upper mantle and of sub-liquidus 
magmatic melts. 
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Chapter 2 
Relations Between Structure, Redox 
Equilibria of Iron, and Properties of 
Magmatic Liquids 

Bjorn O. Mysen 

Introduction 

An understanding of how intensive and extensive properties control the prop
erties of magmatic liquids (needed to describe and understand static and dynamic 
processes in magmatic systems) requires characterization of how the structure of 
silicate liquids affect their properties. To answer this need, recent experimental 
and theoretical petrological studies have been focused on structure and the 
relationships between structure and properties of silicate liquids as a function 
of bulk composition, temperature, pressure, and (for aliovalent cations) oxygen 
fugacity (e.g., Kushiro, 1975, 1980; Hess, 1980; Stebbins, 1989; Mo et aI., 1982; 
Mysen and Virgo, 1985; Dingwell and Virgo, 1988; Mysen et aI., 1982, 1983, 1984, 
1985a,b,c; Bottinga et aI., 1981, 1982; Murdoch et al., 1985; Kirkpatrick et aI., 
1986). 

A common and useful basis for description of silicate melt structure is based 
on the concept that the cations may be subdivided into network formers and 
network modifiers (Bottinga and Weill, 1972). Network formers occupy the 
central location in interconnected tetrahedra linked with bridging oxygen atoms 
to form more complex anionic units (Fig. 1). Network-modifying cations occupy 
central positions of non-tetrahedral oxygen polyhedra. The oxygens at the cor
ners of these polyhedra are shared with neighboring tetrahedra and with oxygen 
in other polyhedra. These latter oxygens are termed nonbridging oxygen (Fig. 1). 
The ratio of nonbridging oxygens to tetrahedrally coordinated cations (N BOlT) 
expresses the degree of polymerization of silicate melts. The value of NBOIT 
ranges from 0 for fully polymerized melts (tecto silicate melt) to 4 for melts with 
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• Bridging oxygen 

~ Nonbridging oxygen 

• Tetrahedral (network-forming) cation 

(~.i Network-modifying cation 

Fig. 1. Schematic representation of the geometric relationships of bridging and nonbrid
ging oxygen and network-forming and network-modifying cations. 

no bridging oxygen (orthosilicate melt)l. The values for most magmatic liquids 
are between 0 and 1 with an increase in NBOjT as the magma becomes more 
mafic (Fig. 2). 

In order to calculate the value of N BO jT for a melt, it is necessary to determine 
which cations, and in what proportions, are network formers and network 
modifiers. This information is available from experimental studies of melt struc
ture in a variety of chemical systems (see Mysen, 1988, for review). Iron is 
particularly interesting in this respect because Fe3+ may occur as a network
former and as a network-modifier depending on the Fe3+ j~Fe (Virgo and Mysen, 
1985), whereas Fe2+ generally is considered to be a network modifier (but see 
also Cooney et al. 1987; and Waychunas et al. 1988, for alternative views). 
Inasmuch as both ferric and ferrous iron are abundant in natural magmatic 
liquids, changes of the redox ratio of iron (Fe3 + ~Fe) can affect their degree of 
polymerization significantly. Any melt property that depends on NBOjT there
fore, will also depend on the redox ratio of iron. 

In addition to the relationships between Fe 3+ ~Fe and melt structure, the 

I In this chapter, the degree of polymerization of species or units in the melts is described in terms of 
their individual degree of polymerization (N BOlT = 0, 1,2,3 and 4) and stoichiometric expressions. 
T02, T20 S ' T03, T20 7 , and T04 (T = tetrahedrally-coordinated cation,-most frequently Al and 
Si), are used. For simple silicates, Si replaces T. Another terminology, frequently used in the NMR 
literature, is Q4, Q3, Q2, QI, and QO, respectively. The superscript in the Q-notations refers to the 
number of bridging oxygen in the species in question. 
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redox ratio of iron is important in elucidating petrogenetic histories of magmatic 
rocks as Fe 3+ /:EFe as a function of temperature (e.g., Kennedy, 1948; Sack 
et aI., 1980; Thornber et aI., 1980), oxygen fugacity (e.g., Fudali, 1965), and 
pressure (Mysen and Virgo, 1978, 1983, 1985; Mo et aI., 1982). For example, 
temperature-oxygen fugacity relationships of natural basalts have been deduced 
from laboratory-calibration of redox ratios of silicate melts (Carmichael and 
Ghiorso, 1986). In this chapter, the relationships between redox equilibria, melt 
structure and intensive variables will be discussed. 

Principal Features of the Melt Structure 

In order to appreciate better the role of ferric and ferrous iron in silicate melts 
and the interaction between Fe3+ and Fe2+ and the overall melt structure, a brief 
summary of the principal facets of the structure of silicate liquids is useful. 

Although current understanding of structure is based on spectroscopic in
formation, many of the principles commonly accepted were originally deduced 
from the properties of the liquids. The rheological behavior of binary alkaline 
earth and alkali silicate melts led Bockris et al. (1955, 1956) to suggest that the 
anionic structure of these liquids may be treated in terms of a small number of 
coexisting, relatively simple anionic complexes (see also Bockris and Reddy, 1970, 
for summary of this information and interpretations). On the basis of a theoreti-
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Fig. 3. Relationship between peak intensity and bulk composition from Raman spectra of 
quenched melts on the join Na20-Si02. The llOO-cm-1 band is an Si-O- stretch band 
typically diagnostic ofthe existence of Si20s2- units in the melt, and the 950-cm -1 band 
is from Si-O - stretching diagnostic of Si032- structural units (Brawer and White, 1975, 
1977; Furukawa et aI., 1981; Mysen et aI., 1982; McMillan and Piriou, 1983). 

cal discussion of Raman spectra of molecular compounds (Brawer, 1975), Brawer 
and White (1975, 1977) reported Raman spectra and suggested that liquids 
formed by melting of simple binary compounds retained many of the essential 
structural features of the crystalline analogs. For example, sodium and potassium 
disilicate melts contain a large proportion of disilicate (Si20 s 2-) structural units. 
To maintain mass balance, smaller proportions of units that are less polymerized, 
and of units that are more polymerized than disilicate, are also present. 

An example of the results from the early Raman spectroscopic studies is shown 
in Fig. 3. The 1100- and 950-cm -1 bands (Fig. 3) result from the existence of 
structural units with, on the average, 1 and 2 nonbridging oxygens per silicon, 
respectively. This treatment was expanded in a summary (Mysen et aI., 1982; 
Mysen, 1988) of Raman spectroscopic data on several alkali and alkaline earth 
silicate melts (Fig. 4). Recent unit abundance data obtained by 29Si NMR 
(Schneider et aI., 1987; Stebbins, 1987; marked SS87 and S87, respectively) are 
shown in Fig. 4. The NMR data corroborate the original Raman data. The mol 
fractions of structural units obtained by both NMR and Raman spectroscopy 
for a given bulk composition are in accord within analytical uncertainty. These 
and other results (e.g., Virgo et al., 1980; Furukawa et aI., 1981; Matson et aI., 
1983; Murdoch et aI., 1985; Kirkpatrick et al., 1986; Mysen et aI., 1985c; Brandriss 
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Fig. 4. Relative abundance of structural units in quenched melts on the joins CaO-Si02' 
BaO-Si02' (Cao.sMgo.s)O-Si02' and Na20-Si02 (data from Mysen et ai., 1982). 

and Stebbins, 1988; Stebbins, 1989) led to two important conclusions in regard 
to the anionic structure of silicate melts. (1) The melts consist of a relatively small 
number of anionic units with comparatively simple stoichiometries (Table 1). (2) 
These stoichiometries do not vary as continuous functions of bulk melt NBO/Si 
(or metal/silicon). Rather, the proportions ofthe units vary (Fig. 4) as a function 
of the composition of the melt. 

Aluminum is in tetrahedral coordination in silicate melts provided mono- or 
divalent cations (e.g., alkalies or alkaline earths) for electrical charge-balance 
are available (Taylor and Brown, 1979a,b; Seifert et aI., 1982; Navrotsky et aI., 
1982, 1985; McMillan et aI., 1982; McKeown et aI., 1984; Mysen et aI., 1980a,b, 
1981a, 1982, 1985c). However, significant differences exist between AI3+ charge
balanced with alkaline earths and AI3+ charge-balanced with alkali metals. In 
the former, there is significant (AI, Si) ordering, with AI3+ forming primarily 
A12Si20s2 - units (Seifert et aI., 1982). In systems where the bulk Al/(AI + Si) 
differs from 0.5, combinations of AI-free silica and pure aluminate units will also 
be present (Seifert et aI., 1982; see also Fig. 5). The proportions of alkaline earth 
charge-balanced fully polymerized alumino silicate structural units vary as sys
tematic functions of bulk melt Al/(AI + Si) (Fig. 5). 
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Table 1. Compositional ranges (expressed as bulk 
melt N BO/Sia ) of coexisting anionic units in binaryb 
metal oxide silicate melts. 

NBO/Si Range 

> 0-0.05 
0.05-1.0 
1.0-1.4 
1.4-2.0 
> 2.0 

> 0-0.2 
0.2-1.0 
1.0-1.1 
1.1-2.4 
> 2.4 

> 0-0.3 
0.3-1.0 
1.0-2.2 
2.2-3.0 
> 3.0 

> 0-1.2 
1.2-2.0 
2.0-2.4 
2.4-3.0 
> 3.0 

Anionic Units 

Na20-Si02 

Si02, Si20/-
Si02, Si20/-, SiO/
Si20 s 2-, Si03 2-, SiO/-
Si20/-, SiO/-, Si20/-, SiO/
Not available 

BaO-Si02 

Si02, Si20/-
Si02, Si20/-, SiO/-
Si02, Si20/-, SiO/-, Si04 4 -

Si20/-, Si03 2-, Si20 7 6-, SiO/
SiO/-, Si20 7 6 -, SiO/-

CaO-Si02 

Si02, Si20/-
Si02, Si20/-, SiO/
Si20 s 2-, SiO/-, SiO/
Si03 , Si20 7 6-, SiO/
SiO/-, Si20 7 6 -, 02-c 

(Cao.s Mgo.s)0-Si02 

Si02, Si20/-, SiO/-
Si02, Si20/-, SiO/-, SiO/
Si20/-, SiO/-, SiO/
SiO/-, Si20 7 6 -, Si04 4 -

SiO/-, Si20 76 -, SiO/-, 0 2-

aFor M20-Si02 melts, the NBO/Si = M/Si, whereas for 
MO-Si02 melts, NBO/Si = 2.0M/Si. 
bFor ternary melts where the third component is aluminum, 
AIH occurs principally as aluminate component and FeH as 
ferrite component. 
.02 - denotes free oxygen. 

Data summary by Mysen et al. (1982) 

B.O. Mysen 

From the 29NMR spectra of such melts the bands broaden systematically (Fig. 
6) with increasing Z/r2 of the charge-balancing cation (Oestrike et ai., 1987). This 
broadening may reflect the changes in shielding of Si in the various structural 
units depending on the local (Si, AI)-environment. With AI3+ charge-balanced 
with alkali metals there is random substitution of Al 3+ for Si4 +. The Alj(AI + Si) 
of alkali charge-balanced fully polymerized units is positively correlated with the 
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Al/(AI + Si) of the melt itself [bulk melt AI/(AI + Si)]. As a result, the (AI, Si)-O 
bond distance increases and the intertetrahedral angle [(Si, AI)-O-(Si, AI)] de
creases as a systematic function of the proportion of AP+ substituted for Si4 + 
(Fig. 7). These structural changes result in a weakening of the bridging (Si, AI)-O 
bonds. Any melt property of a fully polymerized alkali alumino silicate melt that 
depends on the bridging oxygen bond strength (e.g., diffusion, conductivity, and 
viscosity) will, thus be affected. 

In alkaline earth aluminosilicate melts, the properties of the individual struc
tural units are not affected by the Al/(AI + Si) of the melt. However, the propor
tions of these units vary with bulk melt Al/(AI + Si). Properties of the melt, being 
functions of the proportion of each unit will also be affected. These differences 
in the structural behavior of AI3+, depending on the electronic properties of the 
charge-balancing cation(s), are also reflected in different thermochemical (Nav
rot sky et aI., 1982) and rheological (Kushiro, 1980, 1981; Seifert et aI., 1982) 
behavior of aluminosilicate melts. 

In melts with bulk melt NBO/T > 0, A13 + is distributed between the coexist
ing structural units and exhibits a pronounced preference for those units with 
the smallest.NBO/T (Mysen, 1990a; Mysen et aI., 1981a, 1985c; Domine and 
Piriou, 1986; Oestrike et aI., 1987). As a result, in a melt with constant bulk melt 
NBO/T (where T includes both AP+ and Si4 +), increasing Al/(AI + Si) at the 
same bulk melt NBO/T results in increased abundance of a highly polymerized 
unit such as TOz (analogous to SiOz). As a consequence of this increase in 
abundance, increasing bulk melt Al/(AI + Si) is also associated with an increase 
in abundance of highly depolymerized units to maintain mass balance (Fig. 8). 
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Fig. 7. Bond angle and bond 
length in alkali aluminate-silica 
(data from Konnert and Karle, 
1973; Taylor and Brown, 1979a, 
b). 

This distribution of AI3+ is both pressure- and temperature-dependent (Mysen, 
1990a,b; Mysen et aI., 1985c). 

To provide a firm basis for establishment of the relationship between redox 
equilibria and melt composition (and, therefore, melt structure as summarized 
above), the relationships between the redox equilibria and each possible structur
al factor must be identified and quantified. With this goal in mind, the structural 
roles of Fe2+ and Fe3+ and the ferric/ferrous ratio will be evaluated in the 
succeeding sections, first as a function of individual compositional (extensive) 
variables and then as a function of intensive variables (temperature, oxygen 
fugacity, and pressure). 
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Fig. 8. Relative abundance of structural 
units in melts on the composition joins 
Na2Si409-Na6A1409 and Na2Si205-
Na4Al20 5 as a function of Al/(AI + Si), 
temperature, and pressure. The symbol T 
denotes AI3+ + Si4+. Note in particular 
the decreasing abundance of T20 5 and the 
increasing abundance of T02 with increas
ing Alj(AI + Si). The top panel shows unit 
distribution from in-situ, high-temperature 
Raman spectroscopy of a melt composition 
Na2Si205 (85 mol%)-Na4AI205 (15 
mole%). The two lower panels are from 
Raman spectra of quenched melts on the 
join Na2Si409 (NS4)-Na6AI409 (NA4) 
(data from Mysen, 1989a; Seifert et ai., 1981 
and Mysen et ai., 1985b). 
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Structural Positions of Ferric and Ferrous Iron in 
Silicate Melts 

The structure of silicate melts in general and the structural positions offerric and 
ferrous iron in particular have been studied by various spectroscopic methods. 
The redox ratio of iron can also be obtained with the aid of some of the same 
methods, although wet-chemical methods are also commonly employed for this 
purpose. 

The local geometric environments in silicate melts have been studied by 
Raman, NMR, and X-ray absorption K-edge spectroscopy (Brawer and White, 
1975,1977; Furukawa et aI., 1981; Mysen et aI., 1980a-c, 1982, 1985a-d; McMil
lan, 1984; McMillan and Piriou, 1983; Matson et aI., 1983; Calas and Petiau, 
1983; Brown et aI., 1978; Kirkpatrick et aI., 1982, 1986; Stebbins, 1987, 1989; 
Domine and Piriou, 1986; Waychunas et aI., 1988). For iron-bearing materials, 
luminescence, absorption, EPR, and Mossbauer spectroscopy have also been 
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employed (Mao et al., 1973; Nolet et aI., 1979; Fox et aI., 1982; Calas and 
Petiau, 1983; Dyar and Burns, 1983; Dyar, 1985; Mysen et aI., 1980a, 1984, 
1985a,b; Mysen and Virgo, 1989). Examples of such spectra are shown in Fig. 9. 

Luminescence spectra of simple metal oxide-silica-ferric iron-bearing glasses 
(Fox et aI., 1982; see also Fig. 9) reveal two peaks (near 14,600 and 16,200 cm -1). 
These two peaks have been ascribed to the existence of two distinct ferric 
iron-oxygen tetrahedra, with all or a significant portion of the tetrahedral 
position occupied by Fe3+ (Fox et al., 1982). The corresponding Raman spectra 
of such materials reveal two stretch bands associated with Fe 3+ -oxygen bonds 
near 900 and 990 cm -1, respectively (Mysen et aI., 1980a, 1984; Fox et aI., 1982). 
Thus, luminescence and Raman spectroscopy appear able to identify the exis
tence of two Fe3+ -0 polyhedra at least in oxidized alkali silicate melts. The 
proportion of the two types of ferric-oxygen tetrahedra is a systematic function 
of the metal/silicon ratio of the melt (see also Fox et aI., 1982; Virgo et aI., 1983, 
for detailed discussion). In the K-edge absorption spectra, the presence of Fe3+ 
(IV)-O bonds in iron-bearing glasses results in a distinct energy change com
pared with octahedrally coordinated iron (Waychunas et aI., 1983; Calas and 
Petiau, 1983), although the method seems insufficiently sensitive to discern the 
existence of two types of tetrahedra. Similarly, the EPR spectrum of ferric 
iron-bearing glasses gives a distinct signal for tetrahedrally coordinated Fe3+ 
(Goldman, 1983; Calas and Petiau, 1983; see also Fig. 9). 

Mossbauer spectroscopy however, has been the method of choice for de
termining the structural roles of ferric and ferrous iron in silicate melts and glasses 
(e.g., Dyar, 1985; Levy et aI., 1976; Mysen and Virgo, 1978; Dyar and Burns, 1981; 
Seifert et aI., 1979; Mysen et aI., 1980a, 1984, 1985a; see Fig. 9b, for example). In 
57Fe Mossbauer spectroscopy each iron-oxygen polyhedron gives rise to a 
distinct quadrupole-split doublet.2 The values (in mmjs) of these quadrupole 
splits and the isomer shifts depend on the oxidation state of iron, the number of 
oxygen ligands around ferric or ferrous iron, and the distortion of the oxygen 
polyhedron around the central iron cation (e.g., Waychunas and Rossman, 1983; 
Mao et aI., 1973; Seifert et aI., 1979; Calas and Petiau, 1983; Annersten and 
Halenius, 1976; Annersten and Olesch, 1978). The isomer shift generally increases 
as the number of oxygen ligands around Fe2+ and Fe3+ increases. 

The quadrupole split values tend to increase with increasing distortion of the 
iron-oxygen polyhedron. In a spectrum such as that shown in Fig. 9b, the 
innermost quadrupole split doublet (shaded grey) results from tetrahedrally 
coordinated ferric iron, whereas the outermost split doublet (black) is due to 
octahedrally coordinated ferrous iron. The Mossbauer spectra are generally 
insufficiently sensitive to resolve the two distinct ferric iron-oxygen tetrahedra 

2 The quadrupole split (referred to as QS with appropriate subscript referring to either Fe3+ or Fe2+) 
is the velocity difference between the two absorption bands in the doublet (see Fig. 9). The isomer 
shift (denoted IS with the appropriate subscript) is the position (velocity) of the center of gravity of 
the doublet relative to a reference such as metallic iron. Together, the quadrupole splits and the 
isomer shifts are referred to as hyperfine parameters. 
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Fig. 9. Examples of spectra of iron-bearing glasses. Luminescence and absorption spectra, 
simplified after Fox et al. (1982), of glasses in the system NalO-SiOl . Sample SiOl / 
NalO = 5.67, ~Fel03 = 0.49 wt%, Fe3+ /~Fe = 0.75; SiOl jNa20 = 2.0, ~Fel03 = 0.53 
wt%, Fe 3+ /~Fe = 0.73; and Si02jNalO = 1.22, ~Fe203 = 0.50 wt%, Fe3+ ~Fe = 0.78. 
K-edge absorption and X-band EPR spectrum after Calas and Petiau (1983). In K-edge 
spectra, sample 1, NalSilOs glass with 6 wt% Fel 0 3 and with essentially all iron as Fe3+; 
sample 2, CaMgSil 0 6 glass with 20% of(Ca + Mg) replaced by Fe 2+ . The EPR spectrum 
is from CaMgSi20 6 glass with 1 wt% Fel0 3 added and equilibrated in air. The Mossbauer 
spectrum is from a quenched melt in the the system CaO-SiOl-P20s-Fe-O with 
NBO/Si = 1.7, with 16wt% PlOS and 5 wt% iron oxide added as Fel 0 3 with Fe3+ ~Fe = 
0.63 (unpublished data from Mysen, 1989). 
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Fig. 10. Proportion of Fe2+ -oxygen polyhedra in glasses on the joins CaO-Si02 and 
MgO-Si02 with 5 wt% Fe20 3 added and equilibrated in air at 1550°C as a function of 
polymerization (NBO/T) of the glass. The Fe2+(I) polyhedron is that with the highest 
value ofISFe2+ and the lowest value of QSFe2+ (data from Virgo et ai., 1981; Mysen et ai., 
1984). 

inferred from luminescence (Fox et al., 1982) and Raman spectroscopy (Fox et 
ai., 1982; Virgo et ai., 1983). The ferrous iron quadrupole-split doublet (Fig. 9b), 
however, is sometimes resolved into two doublets (Mysen et ai., 1984), in particu
lar for reduced samples (Mysen and Virgo, 1989). Optical absorption spectra of 
quenched melts in the system Na20-Si02-Fe-O (see Fig. 9c) have also been 
interpreted (Fox et ai., 1982) to reflect two ferrous iron-oxygen polyhedra 
(absorption near 5000 and 10,000 cm -1). 

The relative proportion of two ferrous iron oxygen polyhedra (Fig. 10) ap
pears sensitive to the degree of polymerization of silicate melts. With increasing 
N BO /T, the polyhedron with the highest isomer shift (ISFe2+) and the lowest 
quadrupole-split (QSFe2+) value [Fe3+ (I) in Fig. 10J becomes more dominant 
(Mysen et aI., 1984, 1985a). As the iron becomes more reduced (Fe3+ /l:Fe 
decreases), the ferrous doublet with the largest isomer shift becomes more domi
nant, and the average value of the two doublets approaches that commonly 
associated with octahedrally-coordinated Fe2+ .It has been suggested (e.g., Dyar, 
1985) that the doublet with the low value of isomer shift (ISFe2+ = 0.85-0.90 
mm/s) may be the result of tetrahedrally coordinated ferrous iron. However, it is 
not clear whether these two fitted ferrous doublets have a structural interpreta
tion or whether the effect merely reflects the limitations in the statistical fitting 
routine used to deconvolute the spectra (Mysen and Virgo, 1989). If the two 
ferrous iron doublets have a structural interpretation as suggested by Dyar (1985) 
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and tetrahedral and octahedral Fe2+ coexist, octahedrally coordinated ferrous 
iron is prevalent in highly reduced samples, and is also increasingly important 
the more depolymerized is the melt. 

On the basis of several hundred Mossbauer, absorption, luminescence, and 
Raman spectra of iron-bearing glasses and a comparison with Mossbauer spectra 
of ferrisilicate minerals with known ferric iron-oxygen polyhedra, it is generally 
concluded that with the isomer shift of ferric iron (ISFe3+) less than about 0.3 
mm/s (relative to metallic iron at 298 K), this ferric iron is in tetrahedral coordina
tion. From spectra of crystalline material, ISFe3+ > 0.4 mm/s is diagnostic of 
octahedrally coordinated ferric iron (e.g., Hafner and Huckenholz, 1971; Anner
sten and Halenius, 1976; Amthauer et aI., 1977; Waychunas and Rossman, 1983; 
Brown et aI., 1978; Calas et aI., 1980; Virgo and Mysen, 1985). From spectra of 
glassy materials, this latter value appears greater than about 0.5 mm/s. The 
quadrupole-split values are sensitive to polyhedral distortion (Seifert and Olesch, 
1977; Calas and Petiau, 1983; Waychunas and Rossman, 1983). The higher the 
value, the greater the distortion of the tetrahedron. 

The QSFe3+(IV) increases significantly in spectra of iron-bearing metal oxide
silica melts as the ionization potential (Z/r2) of the metal cation increases (Fig. 
11). Thus, it would seem that as the size decreases or the electric charge of 
the charge-balancing metal increases, the Fe3+ -0 tetrahedra become increas
ingly distorted. For iron-bearing melts in the systems Na20-Si02, BaO-Si02' 
CaO-Si02' and MgO-Si02' the ISFe3+ for tetrahedrally coordinated Fe3+ in
creases by about 10% as the ionization potential (Z/r2) increases from that of 
Na + to that ofMg2+ with the same bulk melt NBO/Tand amount of iron added 
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Fig. 11. Relationship between hyperfine parameters (IS and QS) for ferric iron in 
quenched binary metal oxide silicate melts as a function Of Z/r2 of the metal cation with 
5 wt% iron oxide added as Fe20 3 (data from Virgo et aI., 1981; Mysen and Virgo, 1983; 
Mysen et aI., 1984). 
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(Fig. 11). These inferred geometric changes ofthe Fe 3+ -0 tetrahedron probably 
reflect the increased difficulty with which the trivalent ferric iron can be charge
compensated in tetrahedral coordination as the electrical charge of the charge
balancing cation is increased or its ionic radius is reduced. As discussed in more 
detail below, increased ISFe3+ and QSFe3+ values are also associated with reduc
tion of ferric to ferrous iron thus further attesting to the diminished stability of 
tetrahedrally coordinated Fe3+ in silicate melts with increasing Z/r2 of the 
charge-balancing cation(s). It is notable that for crystalline materials tetrahe
drally coordinated ferric iron is rare, but is found, for example, in some mica 
minerals (e.g., Annersten and Olesch, 1978). 

The isomer shifts of ferric iron in silicate melts are systematic functions of 
Fe 3+ ,Il:Fe, controlled, for example, by the oxygen fugacity. On the basis of 
detailed Mossbauer studies of quenched melts in the systems Na20-AI20 3-
Si02-Fe-0, Na20-Si02-Fe-0, CaO-AI20 3-Si02-Fe-0, and MgO-AI203-
Si02-Fe-0 (Mysen et aI., 1984, 1985a; Dingwell and Virgo, 1987; Mysen and 
Virgo, 1989) it has been found that with up to about 10 wt% iron oxide added as 
Fe20 3, the ISFe3+ is between 0.25 and 0.35 mm/s in the Fe 3+ ,Il:Fe range 0.5-1.0 
(Fig. 12). In the Fe 3+ ,Il:Fe range 0.5-0.3, the ISFe3+ increases systematically to 
above 0.50 mm/s and remains constant for Fe3+ /~Fe values lower than about 
0.3. This change in ISFe3+ is also associated with a decrease in the intensities of 
Raman bands associated with Fe 3+ (IV)-O bonds in the melts (Mysen et aI., 1984; 
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Fig. 12. Isomer shift for ferric iron (relative to Femetal) in silicate melts in the systems 
Na20-AI20 3-Si02 , CaO-AI20 3-Si02 , and MgO-AI20 3-Si02 as a function of Fe3+ I 
~Fe with 5 and 10 wt% Fe20 3 added to the starting materials (data from Virgo and Mysen, 
1985; Mysen et aI., 1984, 1985a,c). 
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Fig. 13. Proportions offour- and six-coordinated ferric iron in Na20-Al203-Si02 melt 
with iron-free NBOIT = 0.67 and Al/(AI + Si) = 0.33 at 1550°C (from Virgo and Mysen, 
1985). 

Virgo and Mysen, 1985). These spectroscopic observations indicate that for 
oxidized, iron-bearing silicate melts (Fe 3+ ~Fe > 0.5), ferric iron is in tetrahedral 
coordination, whereas for reduced (Fe 3+ ~Fe < 0.3) melts, ferric iron is in octa
hedral coordination. In the intermediate Fe3+ ~Fe range (0.5-0.3), the data are 
consistent with coexisting tetrahedrally and octahedrally coordinated ferric iron 
(Virgo and Mysen, 1985). 

It has been suggested (Virgo and Mysen, 1985) on the basis of spectroscopic 
and magnetic data on iron-bearing silicate melts, that ferric iron occurs in clusters 
ofFe3 + -0 tetrahedra. From the Raman spectroscopic data, these clusters either 
have invariant Fe/Si or there is no Si4 + present. From the systematic study of 
the variations in ISFe 3+ coupled with stoichiometric constraints in the system 
Na20-AI20 3 -Si02-Fe-O, a model was suggested (Fig. 13) based on the exis
tence of Fe02 - complexes, complexes (or units) stoichiometrically resembling 
Fe30 4 (with 50% ferric iron in tetrahedral and 50% ferric iron in octahedral 
coordination together with octahedrally coordinated Fe2+), and Fe3+ as a 
network modifier (octahedral coordination). The proportions of these structural 
units vary as a function ofFe3 + ~Fe (oxygen fugacity) as shown in Fig. 13 (Virgo 
and Mysen, 1985). 

In the Mossbauer spectra the proportion of each quadrupole-split doublet 
relative to the total absorption envelope is a measure of the relative abundance 
of the particular iron-oxygen polyhedron giving rise to the doublet. For a simple 
spectrum with one ferric and one ferrous doublet (Fig. 9b) the proportions of 
each such doublet relative to the total absorption envelope are a measure of the 
relative abundance of ferric and ferrous iron. This method has long been known 
to yield accurate redox ratios of crystalline iron-bearing silicates (Bancroft et al., 
1969). The accuracy with which this method can be employed to measure 
Fe 3+ ~Fe of quenched silicate glasses has been evaluated with duplicate analy-
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Fig. 14. Comparison of Fe3+ ,t1:Fe of iron-bearing glasses obtained by wet-chemical and 
57Fe M6ssbauer resonant absorption methods. Iron oxide contents range from 2.2 to 
34.7 wt% (calculated as Fe20 3 ). Bulk compositions range from binary metal oxide-silica 
systems (M = Na, Ca, and Mg) over ternary metal oxide-alumina-silica systems to labor
atory-equilibrated natural rock compositions (data from Mysen et aI., 1985d). 

ses of numerous samples by both Mossbauer spectroscopy and wet-chemical 
methods (Fig. 14). As can be seen from the results (Mysen et aI., 1985d; Fig. 14), 
the Mossbauer spectroscopic method is as accurate as wet-chemical methods. 
Fe3+ ~Fe has also been determined from EPR and absorption spectra (Jones 
et aI., 1981; Goldman, 1983). The results from the EPR spectra have not been 
compared with data obtained by other methods. The Fe 3+ ~Fe from near
infrared absorption spectroscopy accords with u.s. Geological Survey standard 
rock analyses to within 2%. Thus, Fe 3+ ~Fe obtained by wet-chemical methods 
(Wilson, 1960; Jones et aI., 1981), Mossbauer spectroscopy (Mysen et aI., 1985d), 
and optical absorption (Jones et aI., 1981; Goldman, 1983) are in accord within 
analytical uncertainty. 

Redox Equilibria and Extensive Variables 

The structural information discussed above indicates that the types and propor
tions of iron-oxygen polyhedra are functions of bulk chemical composition and 
Fe 3+ ~Fe of the silicate liquids. Experimental studies with natural igneous 
rocks as starting materials (Kennedy, 1948; Fudali, 1965; Thornber et aI., 1980; 
Sack et aI., 1980; Kilinc et aI., 1983) have revealed a systematic dependence of 
Fe 3+ ~Fe on silica, alumina, alkalies and alkaline earths, for example (Fig. 15). 
Thornber et al. (1980) found that in general there is a positive correlation between 
Fe 3+ /Fe2+ and molar abundance of alkali metals, alkaline earths, alumina, and 
silica at 1200°C, although the dependence becomes less pronounced with increas-
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ing temperature. In fact, the Fe3 + /Fe2+ decreases with increasing silica and 
alumina at 1360°C, whereas it increases at 1200°C (Fig. 15). 

Sack et al. (1980) and Kilinc et al. (1983) used stepwise, multiple linear 
regression of ferric/ferrous to incorporate temperature, oxygen fugacity, and the 
abundance of various oxide components. These investigators employed an ex
pression of the form; 

(1) 

where a, b, c, and di are regression coefficients, T is absolute temperature, In /02 

is the natural logarithm of the oxygen fugacity, and Xi are concentrations 
of oxide components. By fitting 57 analyses from experimentally equilibrated 
liquids to this expression, Sack et al. (1980) found positive correlation of 
In(Fe20 3/FeO) with Na20, K20, and CaO, whereas MgO, Al 203' and FeO 
were negatively correlated. In a subsequent refinement of this treatment, Kilinc 
et al. (1983) concluded that the ferric/ferrous depended only on CaO, Na20, K 20, 
FeO (all positively correlated), and Al20 3 remained negatively correlated (Table 
2). Kilinc et al. (1983) concluded that Fe20 3 /FeO was independent of MgO 
content of the liquid. Magnesium oxide was not identified as a variable in the 
experimental results reported by Thornber et al. (1980). 

Significant bulk compositional differences were found between the samples 
used by Thornber et al. (1980), Sack et al. (1980), and Kilinc et al. (1983). Whereas 
Thornber et al. (1980) employed mostly basaltic liquids, with selective addition 
of specific oxides, Sack et al. (1980) and Kilinc et al. (1983) reported laboratory
calibrated Fe3+ ;1: Fe with a wide range of bulk compositions from mafic to felsic. 
The discrepancies between these data sets (Fig. 15, Table 2) most probably arise 
from the fact that in neither treatment of the whole-rock analyses were the 
structural roles of the cations and the structural positions of ferric and ferrous 

Table 2. Regression coefficients with standard errors (± 10') for 
equation (1). 

Standard Standard 
Coefficient Value error Value error 

a 0.218 0.007 0.219 0.004 
b 13,184.7 959.0 12,670.0 900.0 
b -4.50 3.04 -7.54 0.55 

dA120• -2.15 2.88 -2.24 1.03 
dFeOa -4.50 3.69 1.55 1.03 
dMgO -5.44 3.04 
dCaO 0.07 3.08 2.96 0.53 
dNa20 3.54 3.97 8.42 1.41 
dK20 4.19 4.12 9.59 1.45 

'Total iron oxide FeO 
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Chipman, 1953; Virgo et aI., 1981; Mysen et aI., 1984, 1985a). 

iron considered. The redox ratio of iron in silicate liquids may be related rigor
ously to the compositions after these compositional relations have been estab
lished in terms of their relationships to the structure of the melt. 

The redox data for iron from natural melt compositions (Sack et aI., 1980; 
Thornber et aI., 1980; Kilinc et aI., 1983) indicate that Fe3+ /Fe2+ depends 
on total iron content. Data from the simple systems CaO-Si02-Fe-O and 
Na20-Si02-Fe-0 (Fig. 16) show that Fe3+ jl:Fe increases rapidly and non
linearly with increasing iron oxide content up to about 10 mole % Fe203' With 
higher iron contents, this dependence is less pronounced. Despite a suggestion 
to the contrary (Goldman, 1983), this observation indicates that dissolved iron 
oxide in simple silicate melts cannot be described with simple solution laws (e.g., 
Raoult's or Henry's law). Moreover, because the coordination state ofFe3+ (and 
possibly Fe2+) depends on Fe3+ /~Fe, the coordination of iron probably also 
depends on the total iron content of the melt. 

At constant oxygen fugacity, it has been suggested that the redox equilibrium 
is a simple function of the activity of nonbridging oxygens (0-); 

Fe3+ + 0- ¢> Fe2+ + 1/202, (2) 

with the equilibrium constant: 
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(3) 

This simple relationship implies that the Fe3 + /Fe2+ decreases with increasing 
0- activity (or increasing bulk melt NBO/T). This relationship [equation (2)] 
implies that at constant pressure, temperature, oxygen fugacity, and total iron 
content, silicate melts would become more reduced, the more depolymerized they 
are. From a survey of the Fe 3+ /l:Fe of natural magmatic liquids (data from 
Chayes, 1975a,b, 1985) it appears that the more felsic the igneous rock, the more 
oxidized is the material (Fig. 17), in apparent discord with the prediction of 
equation (2). The redox ratio of igneous rocks, however, is not merely a function 
of degree of polymerization. Temperature, pressure, · oxygen fugacity, volatile 
content and post-crystallization history also affect the Fe 3+ /l:Fe. In nature, these 
variables are not controlled. 

Paul and Douglas (1965) observed that under controlled laboratory condi
tions there is a relationship opposite to that implied by equation (2). That is, at 
the same temperature, pressure, oxygen fugacity, and iron content, melts become 
more oxidized as they become more depolymerized (NBO/T increases). This 
latter conclusion subsequently was found to have general applicability to both 
alkali and alkaline earth silicate systems (Goldman, 1983; Virgo et at, 1981; 
Mysen et at, 1984, 1985a; Virgo and Mysen, 1985; Mysen and Virgo, 1989) and 
can also be observed in the early data on alkaline earth silicate melts of Larson 
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and equilibrated in air at 1550°C (data from Mysen et aI., 1984; Virgo et aI., 1981). 

and Chipman (1953). It is also clear that at constant bulk melt NBO/T, tempera
ture, and oxygen fugacity, the Fe2+ /Fe3+ is a systematic function of the type of 
metal cation in metal oxide silicate melts (Fig. 18). The smaller the cation or the 
more highly charged it is (increasing Z/r2 ), the more reduced is the iron. This 
positive correlation between Fe 2+ /Fe3+ and Z/r2 of the network-modifying 
cation is also observed in ternary, alumino silicate melts (Fig. 19), where, however, 
the available data seem to indicate that the more depolymerized the melt (higher 
N BO /T), the less pronounced is the dependence. 

The negative correlation between Fe2+ /Fe3+ and bulk melt N BO/T also exists 
in aluminosilicate melts (Fig. 20). It can be seen from the data in Fig. 20, however, 
that the Fe2+ /Fe3+ becomes less dependent on NBO/T, the lower the value of 
Z/r2. [The slopes of the curves in Fig. 20 are less steep for Na20-AI20 3-Si02 
(NAS) melts than for CaO-AI20 3-Si02 (CAS) melts and even more pronounced 
for MgO-AI203-Si02 (MAS) melts.]. 

It was noted above (Fig. 15) that in natural rock melts, a simple plot of mole 
% AI01.5 versus Fe3+ /Fe2+ showed a small positive correlation at 1200°C 
(Thornber et aI., 1980), but all natural melt data taken together (Kilinc et aI., 1983) 
indicated the opposite relationship (Table 2). In that treatment, the possible vari
ations in bulk melt NBO/T and types of electrical charge-balance for AI3+ and 
Fe3+ in tetrahedral coordination were not considered. Instead, an empirically
based regression with the concentration of the oxide components, temperature 
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Fig. 21. Redox ratio of iron as a function of Al/(Al + Si) at 1550°C andfo2 = 10-0.68 (air). 
Numbers in parentheses indicate approximate NBO/T of the samples (this NBO/T is 
slightly dependent on Fe3+ /~Fe of the samples). For samples with NBO/T variable, 
the Al/(Al + Si) of all compositions equals 0.334. Symbols NAS, CAS, and MAS denote 
systems Na20-AI20 3-Si02 , CaO-AI20 3-Si02 , and MgO-AI20 3-Si02 , respectively 
(data from Virgo and Mysen, 1985; Mysen et aI., 1985a). 

and oxygen fugacity as independent variables [equation (1)] was used. Because 
of the complex roles of the oxides in controlling the melt structure, general 
conclusions and extrapolations from this regression analysis must be treated with 
caution. In simple ternary systems where only one network-modifying cation is 
present in addition to ferric and ferrous oxide with constant NBO/T, the Fe3 + / 

~Fe increases with increasing Al/(AI + Si) (Fig. 21). The relationship between 
Fe2 + /Fe3+ and Al/(AI + Si) in these simple ternary melt compositions is linear. 
At the same degree of polymerization (constant NBO/T), the slopes of the curves 
of Na + and Ca + alumino silicate melts are similar, whereas in the analog mag
nesium system (denoted by MAS in Fig. 21), the slope of the curve is steeper. 
Furthermore, for a system with the same metal cation, the Fe2+ /Fe3+ is less 
dependent on Al/(AI + Si) the less polymerized (higher NBO/T) is the melt (Fig. 
21). The implication of this type of analysis of redox relationships in natural 
magmatic liquids will be discussed further after treatment of relationships be
tween redox equilibria and intensive variables below. 

On the basis of the relationships between oxygen ion activity and redox ratio 
of iron, Holmquist (1966) proposed an expression somewhat different from that 
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in equation (2) in order to account for the negative correlation between FeH /~Fe 
and degree of polymerization. In its simplest form, this expression is 

(4) 

and 

[Fe2+(VI)]4 2- 6 
K4 = [Fe(IV)0 2_]4[0 ] f0 2 • 

(5) 

In this expression, the 0 2- is related to the structure of the melt. The numbers 
in parentheses refer to the size of the oxygen coordination polyhedra. For silicate 
melts with anionic units having different NBO/T values, equation (4) may be 
expanded to relate FeH /Fe2+ to the relative abundance of anionic units, an 
example of which is (Mysen et at, 1984) 

4Si02 + Si20/- + 4Fe(IV)02 - <::> 5SiO/- + SiO/- + 4Fe(VI)2+ + °2, 
(6) 

with the equilibrium constant, 

[SiO/-]S[Si044-] [Fe(VI)2+]4 
K6 = [Si02]4[Si20s2 ] [Fe(IV)02 ]4f02 • 

(7) 

In equation (6), the Si02, Si20/- Si03 2-, and Si044- are stoichiometric expres
sions (see also above and footnote 1) of structural units with their individual 
NBO/Si equal to 0, 1, 2, and 4, respectively. The expressions Fe(IVh - and 
Fe2+ (VI) represent FeH in a tetrahedral oxygen complex and Fe2+ in octahedral 
coordination. The choice of anionic units in equation (6) is representative ofthat 
expected in CaO-Si02-Fe-0 melts in the compositional range between di- and 
metasilicate (Mysen et at, 1985b). 

Expression (6) will be shifted to the left with increasing activity of depoly
merized structural units such as Si044- and Si032-. By adding AP+ to the 
system but keeping the bulk melt NBO/T constant, the net effect also is to shift 
this expression to the left because of the more rapid increase in concentration of 
the depolymerized units compared with that of the fully polymerized Si02 (or 
T02) unit (Dingwell, 1986; Mysen, 1990a; Mysen et al., 1985c). Thus, the increas
ing FeH /~Fe with increasingNBO/Tand with increasing bulk melt NBO/Tmay 
be interpreted, qualitatively. 

Redox Equilibria and Intensive Variables 

It follows naturally from the expression; 

~Go = -RTlnK, (8) 

that the redox ratio of ferric and ferrous iron is a function of temperature and 
oxygen fugacity. Moreover, provided that significant volume change is associated 
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with expressions such as those illustrated with equations (4) or (6), there will also 
be a pressure dependence ofthe redox ratio. Partial molar volume data on ferric 
and ferrous oxide (e.g., Lee and Gaskell, 1974; Shiraishi et aI., 1978; Mo et aI., 
1982; Bottinga et al., 1983; Dingwell et aI., 1988; see also direct experimental 
evidence below) in silicate melts indicate a significant volume change, suggesting 
that redox ratios of iron in silicate melts are pressure dependent. 

The equilibrium constant for reaction (4) may be combined with equation (8) 
to yield the expression; 

Fe 2+ 
4log Fe3+ = logK - [6Ioga0 2-(m) + log/oJ, (9) 

which can be reorganized to yield; 

Fe2+ -0.0554 - AGo 1 2-
logFe3+ = T - 4[6logao (m) + log/02]' (10) 

where a02- (m) is the oxygen ion activity of the melt. It follows from this 
expression that a plot oflog (Fe22+ /Fe3+) versus l/T (absolute temperature) will 
result in a line where the slope expresses the standard free energy of reduction 
of ferric to ferrous iron. 

It can be seen from the data summarized for simple binary metal oxide silicate 
and ternary metal oxide aluminosilicate melts (Fig. 22), that for melts equilibrated 
with air (/02 = 10 -0.68 bar), straight line relationships are generally obtained. 
Under the conditions of the experiments shown (Fig. 22) ferric iron is in tetra
hedral coordination and ferrous iron is not. As also supported by Mossbauer and 
Raman spectroscopic data from the quenched melts (Virgo et aI., 1983; Mysen 
et aI., 1984, 1985a), this linear relationship indicates, therefore, that the solubility 
mechanisms of ferric and ferrous iron probably do not change as a function of 
temperature in the temperature range indicated. A change in solubility mechan
ism is likely to result in a temperature dependence of AGo. Such a dependence 
can be observed for iron in the system MgO-AI203-Si02 with 5 wt% iron oxide 
added as Fe2 0 3 (see also Mysen et aI., 1985a). 

Provided that the activity coefficient ratio of ferric/ferrous equals unity, and 
that the activity of oxygen ions does not change significantly as a result of the 
reduction offerric to ferrous iron, the slopes of isothermal and isocompositional 
curves oflog (Fe2+ /Fe3+) versus log/02 curves should equal - 0.25 [see equation 
(10)]. When this slope, x, differs from -0.25 with constant NBO/T, the activity 
coefficient ratio equals 

F3+ 
~ = 1O(x+o.25) 
yFe2+ . (11) 

The Fe 2+ /Fe3+ also affects NBO/T. Consequently, the NBO/T is not, strictly 
speaking, independent of /02' Variations in slope caused by this dependence 
result in about a 10% uncertainty in calculated yFe3+ fy Fe2+ values. Variations 
outside this uncertainty reflect real changes in the activity coefficient ratio. 
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Fig. 22. Relationship between liT (absolute temperature) and log (Fe2+ IFe3+) for binary 
metal oxide silicate melts equilibrated with air and with 5 wt% iron oxide added as 
Fe20 3 • Symbols: MAS, CAS, and NAS symbols as for Fig. 21. NASIX and CASIX; 
AI/(AI + Si) = 0.334 and NBOIT = 0.15, NASXIII and CASXIII, Alj(AI + SI) = 0.14 
and N BOlT ~ 0.65. (data from Virgo et aI., 1981; Mysen et aI., 1985a,d; Virgo and Mysen, 
1985). 

Experimental data for iron-bearing melts in the systems Na20-AI203-Si02-
Fe-O, CaO-AI20 3-Si02-Fe-O, and MgO-AI20 3-Si02 -Fe-O as a function 
of oxygen fugacity exhibit straight line relationships between log (Fe2+ /Fe3+) 
and log /0, (Fig. 23). It is clear, however, that the slopes ofthese lines are functions 
of bulk melt NBO/T at constant AI/(AI + Si) and also depend on Al/(AI + Si) at 
constant bulk melt NBO/T. The free energies of reduction and activity coefficient 
ratios of ferric to ferrous iron derived from the data in Figs. 22 and 23 are given 
in Table 3. With the same metal cation and constant Al/(AI + Si), the activity 
coefficient ratio, y Fe3+ /y Fe 3+ , increases with decreasing degree of polymeriza
tion (increasing NBO/T, Table 3). Moreover, it appears that this ratio decreases 
with decreasing bulk melt Al/(AI + Si) and with increasing Z/r2 of the metal 
cation (Table 3; see also Mysen et aI., 1984, 1985a). It must be emphasized, 
though, that these are activity coefficient ratios. It cannot be determined from 
these data which of the two iron complexes is responsible for these activity 
coefficient changes. 

The free energy of reduction offerric to ferrous iron, !lGo, also is significantly 
dependent on bulk composition. Its value decreases with increasing Al/(AI + Si) 



Magmatic Liquids-Properties 

1.3 

1.2 

1.0 

0.8 

r 0.6 
M 

Q) 
LL 
+- 0.4 C\J 

Q) 
LL - 0.2 
0> 
0 

0.0 

-0.2 

-0.4 

-0.6 
0 23456789 

-log to 
2 

67 

0.1 

0.2 Q) 
LL 

03 ~ 
. MQ) 

0.4 LL 

0.5 

0.6 

0.7 

0.8 

Fig. 23. Relationship between log (Fe2+ /Fe3+) and log f0 2 at 1550°C for binary metal 
oxide-silica (MS and CS compositions) and ternary metal oxide-alumina-silica systems 
(NAS, CAS, and MAS compositions). The numerals after NAS, CAS, and MAS denote 
variations in NBO/T and Alj(Al + Si) as defined in Fig. 22. F5 and FlO denote 5 and 10 
wt% iron oxide added as Fe20 3 (data from Mysen et aI., 1984, 1985a; Virgo and Mysen, 
1985). 

and with increasing NBOIT of the melt (Table 3). The l!..Go increases with 
increasing ZIr2 of the network-modifying cation (Table 3). Where ferric iron 
undergoes a gradual coordination transformation from largely octahedral to 
largely tetrahedral with decreasing temperature, the redox ratio of iron versus 
liT can be fitted to a quadratic equation: 

Fe2 + b c 
10gFe3+ = a + T + T2f (12) 

which for composition MASIVF5 (Mg-equivalent to CASIVF5) has a = 21.5, 
b = 0.703' 105,and c = 0.578· 108• In such an example, the free energy of reduc
tion is a linear function of liT and decreases with increasing temperature. Thus, 
the l!..Go of reduction of octahedrally-coordinated Fe3+ to octahedrally-coordi
nated Fe2+ is smaller than when Fe3+ is in tetrahedral coordination. 

Mo et al. (1982) suggested that because the partial molar volume of Fe01.5 
(with Fe3+ in tetrahedral coordination) is greater than that of FeO, at least in 
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Table 3. Thermodynamic data for reduction reactions in binary 
metal oxide-silica and ternary metal oxide-alumina-silica systems. 

Metal ~Go 

cation NBOIT Al/(AI + Si) (kcal/mol) yF.2+ lyFe3+ 

Ca2+ 1.00 0.00 128.1 0.68 
Ca2+ 1.40 0.00 79.5 0.83 
Ca2+a 1.40 0.00 0.98 
Ca2+ 1.70 0.00 0.91 
Ca2+ 2.00 0.00 1.00 
Ca2+ 2.38 0.00 1.05 
Mg2+ 1.40 0.00 0.79 
Na+ 0.67 0.33 87.3 1.12 
Na+ 0.17 0.33 66.0 0.89 
Na+ 0.67 0.33 57.0 1.05 
Na+ 0.67 0.13 85.2 1.00 
Ca2+ 0.17 0.33 222.3 1.26 
Ca2+ 0.67 0.33 150.0 0.98 
Ca2+ 0.67 0.13 165.2 1.05 
Mg2+ 0.17 0.33 0.74 
Mg2+ 0.67 0.33 0.89 
Mg2+ 0.67 0.13 1.00 

a 10 wt% iron oxide added as Fe20 3 . In all other samples 5 wt% iron oxide 
was added as Fe20 3 • 

Redox data from Mysen et al. (1984, 1985a) and Virgo and Mysen (1985). 
Note difference between corresponding data in this table and Table 3, Mysen 
et al. (1984) caused by arithmetic error. 

silicate melts with bulk melt N BOlT less than about 1 (basaltic liquids typically 
have NBO/Tbetween 0.9 and 0.7), it is likely that increasing pressure at constant 
oxygen fugacity and temperature will result in a lowering of Fe 3+ j1:Fe. Con
versely, for constant Fe3+ j1:Fe at constant temperature, the /02 corresponding 
to a given ferric/ferrous increases with increasing pressure. 

This predicted reduction in Fe 3+ /~Fe with increasing pressure has been 
observed experimentally for melts in the system NaAISi20 6 - NaFeSi20 6 (Mysen 
and Virgo, 1978). In that study, the reduction was ascribed to a possible pressure
induced aluminum coordination change with a concomitant increase in bulk melt 
NBO/T and an associated increase in redox ratio. Subsequent spectroscopic 
studies (Ohtani et aI., 1985; Mysen et aI., 1980b, 1983; Sharma et aI., 1979a), as 
well as theoretical calculations (Angell et aI., 1982), have revealed, however, that 
AP+ coordination does not take place in this pressure range. Furthermore, it 
has been shown that Fe 3+ j1:Fe also is lowered with increasing pressure for melts 
in the system Na20-Si02-Fe-O (Mysen and Virgo, 1985) where there is no 
AP+ that could have undergone a coordination transformation (Fig. 24). In the 
Na20-Si02-Fe-O system, the Fe 3+ j1:Fe decrease with pressure is also asso-
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ciated with a significant increase in the isomer shifts of Fe3+ (Fig. 24), although 
the pressures at which the ISFe3+ begins to increase range from less than 10 kbar 
for melts with 2.2 wt% iron oxide added as FeZ0 3 to more than 20 kbar with 
iron contents of 13.4 wt% [curves 2.5(m) and 15(m), respectively in Fig. 24]. The 
form of the pressure dependence of Fe3 + ~Fe is a function of the total amount 
of iron added. The proportion of ferric iron in tetrahedral and octahedral 
coordination depends on Fe3+ ~Fe (Fig. 12), and the Fe3+ ~Fe depends on the 
total amount of iron oxide in the system (Fig. 16). It is likely that the partial 
molar volumes of Fe3+ in octahedral and tetrahedral coordination differ with 
V Fe01.S(VI) < V Fe01.S(VI) (Dingwell et aI., 1988). Consequently, the difference in the 
pressure dependenCe of Fe3+ ~Fe as a function of total iron content is under
standable. Even for a fixed amount of iron oxide added, the Fe3+ ~Fe is not a 
simple function of pressure. This observation probably relates to the finding 
(Mitra, 1982; Seifert et al., 1983; Mysen et aI., 1983) that the compressibility of 
silicate melts is pressure dependent. In pure SiOz melt, for example, there is a 
more than 10% compression between 1 bar and 10 kbar (Mitra, 1982) associated 
with compression of Si-O-Si angles (Seifert et al., 1982, 1983; Mysen et aI., 
1983), whereas at pressures between 10 and 30 kbar the compressibility is of the 
order of 1%. Consequently, it is likely that the volume change upon reduction 
of ferric to ferrous iron is significantly greater in the pressure range between 1 
bar and perhaps 10 kbar, so that at higher pressures, the effect is comparatively 
smaller. This suggestion is borne out by the data shown in Fig. 24. 

Relationships Between Simple Synthetic and 
Complex Natural Systems 

To apply structural information obtained from studies of simple binary, ternary, 
and quaternary systems to complex natural melts, it is necessary to combine the 
data from all the simple systems to the relationships in complex natural composi
tions. The redox equilibria of ferric and ferrous iron may be characterized in 
terms of structural components, pressure, temperature, and oxygen fugacity. A 
detailed description of a model that relates the composition to structure of 
natural magmatic liquids was presented by Mysen (1988), and only a brief 
summary of the model required to understand redox equilibria will be given here. 

The first step in this process is to determine which cations are network -formers 
(in tetrahedral coordination) and the proportion of the various tetrahedrally
coordinated cations. In addition to Si4 +, these are AI3+ and Fe 3+ , forming 
aluminate and ferrite complexes with suitable metal cations for electrical charge
balance. The proportion of aluminate complexes affects Fe3 + ~Fe. Moreover, 
the types of cations that electrically charge-balance this AI3+ in tetrahedral 
coordination are also important (Figs. 18 and 21) where the Fe3+ ~Fe is more 
sensitive to Al/(Al + Si), the larger the ionization potential of the metal cation. 
Furthermore, both ferric iron and aluminum in tetrahedral coordination form 
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complexes requiring electrical charge-balance (Virgo et al., 1983). In natural rock 
compositions with alkalies, alkaline earths, and ferrous iron, a hierarchy of the 
preference of AI3+ and Fe3+ for these cations must be established. For alumi
nates, thermochemical (Navrotsky et al., 1982, 1985) and spectroscopic data 
(Mysen et aI., 1980b, 1981a, 1982, 1985c; Seifert et aI., 1982) indicate that the 
preference is K + > Na + > Ca2+ > Mg2+. That is, the preference for AP+ is 
greater the smaller the Z/r2, as was also suggested by Bottinga and Weill (1972). 
The position of Fe2+ in this hierarchy is not known, but because the Z/r2 

ofFe2+ is less than that ofMg2+ and greater than that ofCa2+, it is likely that the 
preference for Fe2+ is between that of Ca2+ and Mg2+. 

Similar data for Fe3+(IV) complexes are less abundant. The observation that 
even alkali charge-balanced Fe3+ and Si4 + show great ordering in crystalline 
ferrisilicates, and the comparative scarcity of Fe3+(IV)-bearing minerals, indicate 
that in competition for a specific cation between AI3+ and Fe 3+ , the ferrite 
complex may be formed first. In the calculation scheme proposed here, for each 
metal cation, the proportion of a given metal cation required to charge-balance 
tetrahedrally coordinated Fe3+ is assigned before AI3 +. The proportion of tetra
hedrally coordinated AI3+ and Fe3+ will be expressed as AI3+ /(AP+ + Si4 +) and 
Fe 3+ /(Fe3+ + Si4 +) with the understanding that these two trivalent cations are 
associated with the prerequisite cations for charge-balance. 

The remaining metal cations are network modifiers, and the degree of poly
merization of the melt is; 

i 

NBO/T= l/T L Mj+, (13) 
i=1 

where T is the total proportion of tetrahedrally coordinated cations, Mi is the 
proportion of network-modifying metal cation i after the proportion required 
for charge-balance of tetrahedrally-coordinated Al3 + and Fe3 + is subtracted, and 
n + is the electrical charge of this cation. The activities of the non bridging oxygens 
associated with the various metal cations depend on the type of cation. This 
suggestion is supported, for example, by the fact that in binary and ternary metal 
oxide silicate and metal oxide aluminosilicate melt systems, the Fe3+ ~Fe is not 
only a function of NBO/T (Fig. 18), but also depends on the cation itself (e.g., 
Figs. 19 and 20; see also Fig. 18). Thus, when Fe 3+ ~Fe is related to a natural melt 
composition, the proportion of non bridging oxygen associated with each type of 
metal cation must be considered. 

As summarized above Sack et ai. (1980) suggested that stepwise, linear regres
sion of oxide components in· addition to In 102 and 1/T from natural melt 
compositions equilibrated under laboratory conditions yielded an empirical 
expression [equation (1), with coefficients given in Table 2] that could be used 
to relate composition, temperature, and oxygen fugacity to ferric/ferrous of the 
melt. The limitation of this approach was evident in the disagreement between 
the functional relationships of the various oxide components depending on 
temperature, oxygen fugacity, and bulk composition itself (Sack et aI., 1980; 
Thornber et al., 1980; Kilinc et aI., 1983). By considering the individual structural 
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components known to affect the redox ratio, the original empirical expression 
[equation (I)J, with structural rather than oxide components, may be used to 
refine the relationships between redox ratio, oxygen fugacity, temperature and 
bulk composition. It is suggested that the expression of the form; 

Fe2+ b Al FeH j 

In F 3+ = a + -T + clnj0 2 + d Al S' + e F H S'4+ + L jj(NBO/T)j' e + 1 e + 1 j=l 

(14) 

adequately describes this relationship. Thejj and (NBO/T)j are the regression 
coefficients and NBO/T values for the individual network-modifying oxides, 
respectively. The coefficients a, b, c, and d together with jj are obtained with 
stepwise, linear regression. 3 

The only three oxides for which extensive laboratory studies in simple systems 
have not been carried out are K20 (limited data available in Dickenson and 
Hess, 1981; Virgo et aI., 1981), Ti02 , and P20 S [unpublished Raman and Moss
bauer data by the author from the system CaO-Si02-P20 s-Fe-O suggest a 
weak positive correlation between FeH j1:Fe and pS+ /(pS+ + Si4+)]. In the 
present version of this calculation method, these oxides have been treated as 
follows. The potassium content has been recast into an equivalent proportion of 
sodium and titanium to an equivalent amount of silicon because Ti4+ apparently 
occupies a structural position in silicate melts similar to that of Si4+ in the 
Ti02 concentration range of most natural magmatic systems. (Furukawa and 
White, 1979; Mysen et aI., 1980c). Some disagreement exists as to the general 
applicability ofthis conclusion (e.g., Dickinson and Hess, 1985). Phosphorus also 
occurs in tetrahedral coordination, but available structural information indicates 
that it forms phosphate complexes with metal cations such as Na + or Ca2+ 
(Visser and Van Groos, 1979; Ryerson and Hess, 1980; Mysen et aI., 1981b; 
Nelson and Tallant, 1984, 1986). 

In analogy with the crystalline materials where the free energy offormation of 
Ca3(P04h is greater than that of Na3(P04), it is suggested that calcium phos
phate complexing predominates in natural magmatic liquids. As a result, in 
calculating the proportion of structural units in natural melts, an amount of Ca 2 + 
equivalent to that required to form a calcium phosphate complex is subtracted 
before Ca2+ is assigned to charge-balancing and network-modifying roles. 
Whether FeH , or Fe2+, or both, phosphate complexing takes place cannot be 
ascertained with available experimental data. In analogy with AIP04 complexing 
in certain P-bearing alumino silicate melts (Dupree et aI., 1987), it is possible that 
FeH P04 may be present, for example. Ferrous iron complexes [e.g., Fe2+ 3 
(P04hJ might also be stable. These and other complexes will affect the FeH /~Fe. 
The phosphorus concentrations in most igneous rocks however, are low ( < 1 wt% 

3 A FORTRAN program to calculate the structure of complex compositions such as natural mag
matic liquids at I bar based on available experimentally obtained structural data for silicate melts 
is available from the author on request. 
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Table 4. Regression coefficients for equation (14). 

Simple system Natural rocks All analyses 

Standard Standard Standard 
Coefficient error Coefficient error Coefficient error 

~(const.) 10.814 1.134 4.384 0.524 15.437 0.786 
&(ljT) -1.989 0.203 -0.9077 0.0915 -2.848 0.138 
~(lnfo,) -0.3210 0.0117 -0.1420 0.0081 -0.3484 0.0120 
i[Fe3+ j(Fe3+ + Si) -4.067 0.985 -9.875 0.952 -2.121 1.055 
~[AI3+ jAI3+ + Si) -1.535 0.467 1.621 0.418 -1.309 0.469 

(NBOjT)Mg 0.494 0.134 0.8607 0.2093 0.6662 0.0966 

~ (NBOjT)Ca -0.5228 0.1095 -0.6560 -0.1617 -0.5255 0.1084 
(NBOjT)Na -1.584 0.238 -1.194 0.5112 -1.125 0.1790 
(NBOjTte2 + -1.951 0.507 -2.310 0.422 -3.215 0.538 

Number of analyses in regression: simple systems, 267; natural rocks, 190; all analyses, 460. 
Experimental data for regression from Kennedy (1948), Fudali (1965), Sack et al. (1980), Thornber et al. (1980), 
K.ilinc et al. (1983), Seifert et al. (1979), Virgo et al. (1981), Mysen and Virgo (1983), Virgo and Mysen (1985), 
Mysen et al. (1980a, 1984, 1985a,d). 

P20S)' so that errors introduced by not considering these possible interactions 
are likely to be comparatively small. 

Multiple, linear regression has been carried out with 267 analyses from simple 
systems (only binary metal oxide and ternary metal oxide-alumina-silica sys
tems). The resulting coefficients are shown in Table 4 and are compared with 
those obtained by similar regression of available data for laboratory-calibrated, 
natural rock compositions (Kennedy, 1948; Fudali, 1965; Sack et aI., 1980; Kilinc 
et aI., 1983; Thornber et al., 1980) with a total of 193 such analyses. Finally, the 
redox ratios of both groups of compositions were regressed against melt structur
al parameters according to equation (14) (a total of 460 analyses). In each of these 
sets of coefficients, the standard errors are significantly smaller than those found 
from regression with simple oxide components (Sack et aI., 1980; Kilinc et aI., 
1983). Thus, regression ofln (Fe2+ /Fe3+) against independently established melt 
structural factors yields a more reliable formulation than one based on empirical 
relationships between redox ratio and oxide contents of the melts. 

It is evident from this exercise that among the network-modifying cations the 
In (Fe2+ /Fe3+) is negatively correlated with the proportion of nonbridging 
oxygen associated with Ca2+, Na +, and Fe2+ (Table 4). A negative but less 
reliable correlation also exists in some ofthe data summarized in Table 2 (Kilinc 
et aI., 1983). All three statistical analyses (Table 4) show that Fe2+ /Fe3+ increases 
with increasing NBO/T associated with Mg2+. It is not clear why Mg2+ is an 
exception among the network-modifying cations in this respect. A possible 
explanation might be a structural role of Mg2+ different from the other network
modifying cations. Mg2+ is quite small for octahedral coordination and tetra
hedral coordination (as observed in crystalline akermanite, for example) might 
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Fig. 25. Deviations of calculated oxygen fugacities relative to experimental values for 
samples used to obtain regression coefficients in Table 4 for equation (14). (a) Regression 
coefficients from calibration employing only experimental data from binary metal oxide
silica and ternary metal oxide-alumina-silica. (b) Regression coefficients obtained by 
employing laboratory calibration from all available data (data from Kennedy, 1948; 
Fudali, 1965; Larson and Chipman, 1953; Sack et ai., 1980; Thornber et ai., 1980; Seifert 
et ai., 1979; Mysen et ai., 1980a, 1984, 1985a,d; Kilinc et ai., 1983; Virgo et ai., 1981). 
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be possible (Scarfe, 1977) although Raman spectra of selected compositions (e.g., 
Sharma et al., 1979; Mysen et aI., 1982) do not support such a hypothesis. There 
is also a rapid decrease in In (Fe2+ /Fe3+) with increasing Fe3+ /(Fe3+ + Si4 +). In 
the simple-system calibration, as well as that based on all analyses, the In 
(Fe2+ /Fe3+) will decrease with increasing Al/(AI + Si) (with all A13 + charge
balanced in tetrahedral coordination), but the coefficient obtained by regression 
with only the rock compositions as input parameters has the opposite sign. 
Although there is no obvious explanation for this apparent difference, it should 
be remembered that the range in Al/(AI + Si) of the natural rock compositions 
is relatively small (0.15-0.25), whereas for the simple-system calibration, the 
range covered is between 0 and 0.43. More reliance is placed, therefore, on this 
latter analysis. 

The coefficients in Table 4 may be inserted in equation (14), and this equation 
may be used, for example, as an oxygen fugacity barometer. The calculated f0 2 

values for the samples in the data set are compared with the measured values in 
Fig. 25. From this comparison it is evident that as an oxygen fugacity barometer 
of natural igneous rocks based only on the simple-system calibration, 40% of 
the calculated values are within ± 0.5 log unit and 67% are within ± 1.0 log unit of 
f0 2 ' Between 85 and 90% of the calculated values are within ± 1.5 log units of 
the measured value (Fig. 25a). When the whole data set of simple-system and 
natural melt compositions is employed (see Table 4), the deviation from measured 
values is smaller (Fig. 25b), and 54% of the analyses are within ±O.5log unit of 
oxygen fugacity and 85%, within ± 1.0 log unit. About 95% of the analyses fall 
within ± 1.5 log units. It is suggested that this model relating redox ratios of iron 
to temperature, oxygen fugacity, and melt structure is an adequate description 
and that equation (14), with the coefficients in Table 4, can be used with con
fidence to calculate oxygen fugacity conditions of natural magmatic liquids at 
1 atm. Although some of the principles governing the pressure dependence of 
ferric/ferrous have been established (Fig. 24; see also Mo et aI., 1982; Mysen and 
Virgo, 1983), the data base is at present insufficient to extend this treatment to 
high pressure. 

Redox Ratios of Iron and Melt Polymerization 

Numerous chemical and physical properties of silicate melts are affected by their 
degree of polymerization (N BO/T). For example, isothermal trace-element parti
tion coefficients for incompatible elements may vary by more than an order of 
magnitude in the composition (polymerization) range of natural magmatic li
quids (Watson, 1977; Irving, 1978; Hart and Davis, 1978; Mysen and Virgo, 1980). 
Other properties such as melt viscosity, expansion, and compressibility are also 
sensitive to the polymerization (e.g., Lacey, 1968; Bockris et aI., 1955, 1956; 
Tomlinson et aI., 1958; Bockris and Reddy, 1970; Bockris and Kojonen, 1960; 
Kushiro, 1976; Scarfe et aI., 1987; Bottinga, 1985). 
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For iron-bearing silicate melts, the redox ratio of iron, as well as the oxygen 
coordination around ferric and ferrous iron, is related to the proportion of 
non bridging oxygen (throughout this text referred to as nonbridging oxygen 
per tetrahedrally coordinated cation, NBO/T). With FeH in tetrahedral and 
Fe2+ in octahedral coordination, relationships between polymerization and 
FeH /Fe2+ may be illustrated by expressions such as those shown in equations 
(4) and (6). The straight lines in Fig. 26 show the relationships between NBO/T 
and Fe3+ /~Fe with ferric iron in tetrahedral and ferrous iron in octahedral 
coordination in the entire FeH ~Fe-range between 0 and 1. Both compositions 
in Fig. 26 have initial NBO/T near 0.6 and contain 5 wt% iron oxide calculated 
as Fe203 (data from Mysen and Virgo, 1989). The composition NASIVF5 is 
more aluminous [Alj(AI + Si) = 0.334] than NASIXF5 [Alj(AI + Si) = 0.13]. In 
either instance, the melts become systematically depolymerized as the FeH /~Fe 
is lowered. The transformation ofFe3+ from tetrahedral to octahedral coordina
tion also results in an increase in NBO/T. For example, a coordination transfor
mation of FeH in Si02 melt may be illustrated with the equation; 

4Si02 + Fe(IV)O2 - ¢>Fe(VI)3+ + 2Si20 s2-, 

with the equilibrium constant, 

[FeH(VI)] [Si20s2-]2 
K 1S = [Fe(IV)02 ] [Si02]4 . 

(15) 

(16) 

In this expression, the transformation of ferric iron from four- to six-fold co
ordination results in a completely polymerized melt (Si02 has NBO/T = 0) 
becoming one with NBO/T = 1 (disilicate stoichiometry). The solid lines in Fig. 
26 are the NBO/T vs FeH ~Fe relationships taking into consideration both 
reduction of FeH to Fe2+ and the coordination transformation of FeH from 
tetrahedral to octahedral as a function ofFeH /~Fe. These combined effects lead 
to the maximum value in NBO/T near FeH > /~Fe = 0.3, below which value 
reduction ofFeH(VI) to Fe2+(VI) actually leads to polymerization of the melt [cf 
equation (2)]. 
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Fig. 27. Calculated variations in bulk melt NBO/T for 
compositions in metal oxide-alumina-silica systems with 5 
wt% iron oxide added as Fe2 0 3 , as a function of tempera
ture (relative to value at 1450°C), oxygen fugacity (relative 
to value at f0 2 = 10-0 .68 bar) and AI/(AI + Si) [relative to 
valueatAI/(AI + Si) = 0.0. (NBO/T)o refers to the reference 
points (data from Mysen et aI., 1985a). 
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From the relationships between Fe3+ /~Fe, Fe3+(IV)/Fe3+(VI), and the inten
sive and extensive variables summarized above (Figs. 12, 13, 16-23), changes in 
polymerization of aluminosilicate melts can be calculated as a function of the 
redox ratio of iron with Fe3+ /~Fe controlled by temperature, pressure, oxygen 
fugacity and bulk composition (Figs. 27, 28). At constant oxygen fugacity and bulk 
melt Alj(AI + Si), aluminosilicate melts become more depolymerized (NBO/T 
increases) with increasing temperature, because Fe3+ /~Fe decreases system
atically with increasing temperature (Fig. 22). As a result of the greater tempera
ture dependence of Fe 3+ ~Fe with increasing Z/r2 of the metal cation (Fig. 22), 
polymerization of magnesium aluminosilicate melt is more sensitive to tempera
ture than that of calcium aluminosilicate, and polymerization of calcium alumi-
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60 ~---.----~----.-----.--. Fig. 28. Effect of pressure on degree of 
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tem Na20-Si02-Fe-0 as a function of 
amount of iron added [7.5(m) etc. refer to 
mole percent Fe20 3 added]. The symbol 
(NBO/T)(VI) is reference NBO/Tat 1 bar 
pressure (data from Mysen and Virgo, 
1983). 
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nosilicate is more sensitive than that of sodium alumino silicate composition. 
Among natural magmatic liquids with similar NBO/T, alkali basalt has approxi
mately 30-40% of its Al3+ charge-balanced with alkali metals, whereas in those 
of abyssal tholeiite composition, typically less than 20% of the AI3+ is charge
balanced with alkalies. The remaining AI3+ is charge-balanced with alkaline 
earths. One may infer from these observations that the temperature dependence 
of their polymerization, controlled by the relationship between temperature and 
ferric/ferrous, is greater for abyssal tholeiite than for alkali basalt. Consequently, 
N BO /T-dependent properties of olivine tholeiite are probably more sensitive to 
temperature than those of alkali basalt. 

The redox ratio of iron is also strongly dependent on oxygen fugacity (Fig. 
23) as is, therefore, N BO /T of the melt. Inasmuch as decreasing oxygen fugacity 
typically results in a lowering of Fe3 + /~Fe into the range where coordination 
transformation of ferric iron will also occur (Fig. 12), decreasing f0 2 from that of 
air to lower values results in depolymerization from both Fe3+ ~Fe reduction 
and coordination transformation (compare also Fig. 26). These considerations 
are built into the results shown in Fig. 27. When Fe3 + is in tetrahedral coordina
tion, the relative order ofthe depolymerization relations as a function of the type 
of metal cation is similar to that controlled by temperature with melt equilibrated 
in air (Mg2+ > Ca2+ > Na +). As Fe3+ enters octahedral coordination, further 
reduction of Fe3+ to Fe2+ actually results in polymerization as illustrated by the 
expression: 

4Fe3+(VI) + 2Si20/- <=>4Fe2+ + 4Si02 + °2 , 

with the equilibrium constant, 

K _ ( [Fe2+] )4 [Si02]4 
17 - [Fe 3+ (VI)] [Si20/ ]2f02 • 

(17) 

(18) 

In the curves shown in Fig. 27, the decreasing slope (for magnesium aluminosili
cate the slope reverses in the lower f0 2 range) with decreasingf02 occurs because 
reactions such as that illustrated in equation (17) become important. 
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Finally, the Fe 3+ /I:Fe is strongly dependent on Al/(AI + Si) (Fig. 21), where 
this dependence is shown to become increasingly pronounced the higher the Z/rz 
of the charge-balancing cation. Consequently, the N BO /T of iron-bearing melts 
is more sensitive to Al/(AI + Si) the greater the Mg/Ca and the Ca/Na. This 
conclusion leads to the inference that the relative dependence of polymerization 
of natural magmatic liquids on their Al/(AI + Si) for the same total iron content 
is more important for mafic and ultramafic melts than it is for felsic melts. 

Pressure also affects melt polymerization because increasing pressure results 
in decreasing Fe 3+ /I:Fe (Figs. 24, 28). For melts with relatively low iron contents 
[e.g., 7.5(m) in Figs. 24 and 28J all ferric iron is transformed to octahedral coordi
nation at relatively low pressures [< 20 kbar for NS2F7.5(m), for example]. 
Consequently, a further pressure increase (and decrease in Fe 3+ /I:Fe) results in 
a decrease in NBO/T. In the pressure range shown in Fig. 28, for the more iron
rich melts [e.g., 15(m)J, there is a continuous increase in NBO/Twith increasing 
pressure. These relationships imply that not only will a melt property such as 
viscosity decrease with increasing pressure because of the weakening of bridging 
Si-O-Si bonds as their bond angles are decreased (Mysen et aI., 1983), but the 
pressure-induced melt depolymerization from reduction of Fe3+ to Fe2+ will 
enhance this effect (Fig. 29). In calculating the viscosity versus pressure trajectory 
in Fig. 29 it was assumed that the N BO /T is a principal factor in controlling melt 
viscosity. Although this assumption clearly is an over-simplification for complex 
silicate melts (e.g., Dingwell, 1989), simple positive correlations between NBO/Si 
and melt viscosity have been found for binary alkali and alkaline earth silicate 
melts (Bockris et aI., 1955, 1956). The difference between the calculated pressure 
versus viscosity trajectories ofNS2 (sodium disilicate melt with N BO/Si = 1) and 
NS2FI5(m) (sodium disilicate with 15 mol% iron oxide added as FeZ0 3 ) is based 
on the known pressure dependence of Fe 3+ /I:Fe for NS2FI5(m) melt and the 
resulting effect of pressure on the NBO/T of this melt (Mysen and Virgo, 1985). 

Fig. 29. Viscosity vs. pressure form NazSizOs melt 
with 13.4 wt% FeZ03 (15 mol %) based on redox 
data from Mysen and Virgo (1985). 
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Fig. 30. Shifts in liquidus bounda
ries of calcium silicate minerals 
with different degrees of polymeri
zation as a function of the propor
tion of iron added as Fe3+ or Fe2+ 
(phase-equilibrium base data from 
Osborn and Muan, 1960a,b). 

Liquidus Phase Relations in Iron-Bearing Systems 

Liquidus boundaries between phases of different degrees of polymerization may 
be employed to define activities of these components in the melt (Carmichael et 
aI., 1974). The composition of the melts corresponding to a particular liquidus 
boundary varies as a function of an added third component (e.g., Fez0 3). Such 
changes in liquidus boundaries as a function of added components have been 
used to deduce solubility mechanisms of this component in the melt (Kushiro, 
1975; Ryerson, 1985). The relationships between iron content and calcium silicate 
phase boundaries in the system CaO-FeO-Fez0 3-SiOz (Osborn and Muan, 
1960a,b) serve to illustrate this effect (Fig. 30). The liquidus boundaries of interest 
are those between larnite (CazSi04 ; NBO/Si = 4) and rankinite (Ca3Siz07; 
NBO/Si = 3), between rankinite and pseudowollastonite (CaSi03; NBO/Si = 2), 
and between pseudowollastonite and tridymite (SiOz; NBO/Si = 0). The activi
ties of non bridging oxygen along each of these liquidus boundaries may be 
defined as unity, and any shift in compositional space of one of these boundaries 
as a function of added iron oxide reflects activity changes of the nonbridging 
oxygen in the melt as a function of the iron oxide addition. From the structural 
information in this system, Fe3+ is in tetrahedral coordination whenever Fe3+ / 
~Fe > 0.5 at the liquidus temperatures and Fe2+ is in octahedral coordination. 
Therefore, the NBO/T of any liquidus boundary may be calculated from bulk 
composition. 

It can be seen from the liquidus boundary relations recast as NBO/T of the 
melt versus the proportion of calcium replaced by iron that with the addition of 
Fe2+, the liquidus boundary shifts to less polymerized compositions. Replace
ment of 10% of the Ca2+ by Fe2+ results in an increase in NBO/T of about 
8%, for example, for the larnite-rankinite boundary and about 5% for the 
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rankinite-pseudowollastonite boundary. The addition of FeO to a pyrosilicate 
melt (Siz0 7 6-) may be illustrated with the expression 

(19) 

The more FeO that is added to the system, the larger will be the concentration 
of Si04 4 - in the melt relative to Siz0 7 6-. This observation is consistent with the 
structural information that the solution of Fe2+ in silicate melts results in 
depolymerization of the melts. As a result, the activity of nonbridging oxygen 
increases, and the liquidus boundary shifts to lower silica content (NBO/T of 
the melt has decreased). Furthermore, it is likely that with a simple replacement 
of Caz+ with Fe2+ without changes in the overall NBO/T, the pyrosilicate
orthosilicate liquidus boundary will be affected. This possibility is related to the 
observation (Mysen et aI., 1982) that various possible network-modifying cations 
are not randomly distributed among the depolymerized anionic units in the melt. 
The larger the ionization potential of the metal cation, the greater is its tendency 
to form polyhedra with nonbridging oxygen from the least polymerized struc
tural unit. For example, an anionic equilibrium of the form; 

Siz0 7 6 - -=Si03 z- + SiO/-, (20) 

will shift to the right with increasing Fe2+ /(Fe2+ + Caz+) in the system CaO
FeO-SiOz, thus resulting in an increase in the XSi04 4-/XSi20 7 6-. The result will 
be shrinkage of the pyrosilicate liquidus volume in accordance with experimental 
observation (Osborn and Muan, 1960a). 

For ferric iron, on the other hand, the same liquidus boundaries shift to higher 
silica contents with increasing Fe3+ /(Fe3+ + Ca2+) (Osborn and Muan, 1960b). 
Thus, the activity of non bridging oxygen in the melt, expressed as NBO/T, 
represented by the position of the liquidus boundary, decreases with increasing 
ferric iron content. This conclusion is consistent with FeZ0 3 dissolving to form 
ferrite complexes with Ca 2+ for electrical charge-balance in the melt as suggested 
by the above structural information. The following expression illustrates the 
relationships for the pyro-orthosilicate boundary: 

2SiO/- + 4Caz+ + FeZ0 3 -=CaFez0 4 + Siz0 76 - + 3Ca2+. (21) 

Expressions similar to (19) and (21) can be written for other boundaries of 
minerals with different NBO/Si values. 

Because the melt structure depends on Fe3+ /!:Fe, liquidus phase equilibria of 
iron-free silicate minerals in iron-bearing systems may vary with Fe3+ j!:Fe. 
Some consequences of the relationships may be pursued with the phase equilibria 
in the systems CaO-FeO-Fez0 3 -SiOz and MgO-FeO-Fez0 3-SiOz (Osborn 
and Muan, 1960a,b; Muan and Osborn, 1956). In Fig. 31 the liquidus equilibria 
for two compositions, CS1.4FlO and MS1.4F10 (Ca/Si = 0.7 and Mg/Si = 0.7 
with 10 wt% FeZ0 3 added), have been estimated as a function of Fe3+ /!:Fe 
of the liquid. The abscissa could be replaced with oxygen fugacity because 
Fe3+ /!:Fe, the redox ratio, is a simple function of oxygen fugacity (Fig. 23). The 
calculated liquidus surface topologies depend solely on the chosen Fe 3+ /!:Fe and 
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Fig. 31. Calculated liquidus equi
libria for compositions CS1.4FlO 
(CaO ·1.4Si02 with lOwt% Fe20 3 
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1.4Si02 with 10 wt% Fe20 3 

added). 

the coordination polyhedra of Fe2+ and Fe3 + in the melt. The phase equilibria 
(My sen et ai., 1984) have been obtained by calculating Ca/Si and Mg/Si of 
iron-free melts with NBO/Si on the binary MgO-Si02 and CaO-Si02 joins 
corresponding to the N BO /T values obtained for the various values ofFe3+ ~Fe. 
In these calculations it was assumed that Fe 3+ (IV) occurs in separate complexes 
in the melt. The compositions of these complexes were assumed not to be affected 
by the intensive and extensive variables in this system. 

In the system CaO-Si02 (Phillips and Muan, 1959) the melt polymerization 
(decreasing NBO/Si) resulting from the addition of 10 wt% Fe20 3 to the CS1.4 
base composition results in a change from pseudo wollastonite at 15()()OC to 
tridymite at 1470°C on the liquidus. The tridymite liquidus field extends to 
Fe 3+ /~Fe < 0.8 at the minimum liquidus temperature in this system ( < 1435°C; 
see Fig. 31). A further reduction in Fe3+ /~Fe results in an increase in the liquidus 
temperature and pseudowollastonite as the liquidus phase. The change in slope 
of the liquidus curve is due to the transformation of Fe3+ from tetrahedral 
to octahedral coordination in this range of Fe3+ /~Fe (see also Fig. 31). 

The composition MS1.4 in the system MgO-Si02 has the same NBO/Si as 
composition CS1.4 in the system CaO-Si02. The liquidus phase equilibria of the 
magnesium system (Greig, 1927) are, however, considerably different from those 
of the calcium oxide-silica system. First, the composition MS1.4 has the fully 
polymerized (NBO/Si = 0) cristobalite on the liquidus, whereas for the system 
CaO-Si02 the liquidus phase is the metasilicate (NBO/Si = 2) pseudowollasto-
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nite. This difference extends into the system MgO-FeO-Fe20 3-Si02 (Muan 
and Osborn, 1956). In equilibrium with air, composition MS1.4 + 10 wt% Fe20 3 
has two immiscible liquids coexisting at 1780°C, whereas for CS1.4FlO, tridymite 
is the liquidus phase at 1470°C. As for the system CS1.4FlO, decreasing Fe3+ /~Fe 
(resulting, for example, from a decrease in fo,), is associated with a rapid decrease 
in liquidus temperature (Fig. 31) to 1570°C at Fe 3+ /~Fe < 0.3 where cristobalite 
coexists with clinoenstatite. A tectosilicate-metasilicate liquidus boundary also 
exists in the system CS1.4F10, but at a much higher value of Fe 3+ /~Fe (near 
0.8). Furthermore, decreasing Fe 3+ /~Fe in the system MS1.4FlO has a more 
pronounced effect on the liquidus temperature ( < 200°C decrease) than in the 
system CS1.4F10 « 35°C). One might infer from these observations that in 
natural magmatic liquids, liquidus phase relations are significantly dependent on 
Fe3+ ~Fe. The liquidus phase relations are, however, dependent on the Ca/Mg 
ofthe liquid. Mysen et ai. (1985a) performed analogous calculations of liquidus 
equilibria in the systems CaO-FeO-Fe203-A1203-Si02 and MgO-FeO
Fe203-AI203-Si02 and applied the principal conclusions to the relationships 
between Fe3+ /~Fe and liquidus equilibria in natural magmatic systems. For 
tholeiitic liquid, for example, it was suggested that under highly oxidizing condi
tions, tridymite (or quartz) would be a liquidus phase. Reduction of ferric iron 
to ferrous iron would result in the appearance of a metasilicate phase (pyroxene) 
and complete reduction in the stabilization of an orthosilicate (olivine) liquidus 
phase. Fractionation trends controlled by silicate minerals therefore, are signifi
cantly dependent on the iron content and oxygen fugacity whether or not 
iron-bearing phases crystallize during such processes. 

Physical Properties of Iron-Bearing Silicate Melts 

Densities and molar volumes of components in silicate melts have numerous 
thermodynamic and physical applications. For example, Mo et ai. (1982) pointed 
out that the relationship between oxygen fugacity and redox ratio in silicate melts 
is pressure dependent because the V Fe20, -V FeO differs from 0 (Shiraishi et ai., 
1978; Bottinga et ai., 1983; Mo et ai., 1982). Under the assumption that the partial 
molar volumes of ferric and ferrous oxide in silicate melts are pressure in
dependent (not necessarily correct), the following relationships between 1-bar 
and high-pressure oxygen fugacity holds: 

P Ib 1 - -
Inf02 = Inf02 ar + RT(2VFe20, - 4VFeO)(P - 1). (22) 

From this expression, Mo et ai. (1982) concluded that the Fe3+ /~Fe determined 
by the f0 2 of the nickel-nickel oxide oxygen buffer at 1 bar (Wones and Eugster, 
1962) corresponds to an oxygen fugacity approximately one order of magnitude 
higher at a total pressure of 10 kbar. 

Not only are partial molar volume data important for calculations such as 
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those above, but together with data for all the components in magmatic liquids, 
they provide a basis on which to calculate melt densities and compressibilities 
(see also Bottinga et aI., 1982, 1983; Bottinga, 1985). These data are of central 
importance when deducing the physics and chemistry associated with partial 
melting, magma aggregation and magma ascent from depth in the upper mantle 
(e.g., Stolper et aI., 1981; Herzberg, 1987; Rigden et aI., 1984, 1988; Agee and 
Walker, 1988). 

Experimental determinations of partial molar volume of oxide components 
in silicate melts are often conducted with stepwise, linear least-squares regression, 
so that the partial molar volume of a component, i, is 

j -

melt volume/gfw - L Xj Vj 
- j=l Vi = ---------"----'-----

Mi 
(23) 

where Vi is partial molar volume, gfw is gram formula weight, Xj and Vj are mole 
fraction and partial molar volume, respectively, of component j, and Mi is the 
molecular weight of component i. On this basis, both Mo et aI. (1982) and 
Bottinga et aI. (1983) derived partial molar volumes of ferric and ferrous oxide 
in silicate melts together with the volumes of the other oxide components. Both 
publications suggested that the partial molar volumes (Table 5) were independent 
of bulk composition over a very broad range of bulk compositions, including 
that of natural magmatic liquids. This conclusion however, has been challenged 
by Dingwell et aI. (1988) in a recent study of partial molar volume of Fe20 3 in 
the simple system Na20-FeO-Fe203-Si02. A comparison of the data on 
partial molar volume for individual oxide components in AI-free and AI-bearing 
melts (Table 5) also indicates that there may be a compositional dependence of 
the partial molar volumes on the bulk composition of the melt. This dependence 
may exist in aluminosilicate melts because a portion of the metal cations is 

Table 5. Partial molar volumes of oxide components (cm3jmole). 

1250°C" 1300°C' 1400°C' 1400°Cb 1500°C' 1600°C' 

Si02 27.07 27.04 27.01 26.75 26.99 27.01 
Ti02 21.67 22.00 22.64 22.45 23.33 23.79 
AI20 3 35.81 36.09 36.64 37.18 37.70 
Fe20 3 42.86 43.16 43.89 44.40 44.37 44.68 
FeO 13.28 13.44 13.73 13.94 14.27 14.82 
MgO 11.25 11.32 11.46 12.32 11.57 11.62 
CaO 15.38 15.70 16.32 12.32 16.96 17.57 
Na20 27.74 28.10 28.80 29.03 29.48 30.10 
K 20 44.18 44.79 45.97 46.30 47.12 48.18 

"Data from Mo et al. (1982). 
bData from Bottinga et al. (1983) for AI-free systems with thermal expansion coefficient given in 
their text. 
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associated with AI3+ (and Fe3+) for charge-compensation, and another portion 
of the same oxide, with nonbridging oxygen. Such dual structural roles for 
individual melt components (the proportion of each is dependent on bulk compo
sition) are likely to affect the measured partial molar volume of any such oxide. 
Without consideration of relevant structural components in the various simple 
and complex melt compositions studied, apparent discrepancies between densi
ties and molar volume data from chemically complex systems such as natural 
magmatic liquids are not likely to be resolved. 

The treatment of partial molar volumes in these recent papers is similar to 
the treatment of redox ratios of iron, as summarized in equation (1). The use of 
oxide components rather than melt structural components results in statistically 
reasonable data, but, from a melt structural point of view, it should be re
membered that the approach is empirical rather than fundamental. The success 
with which one may treat volume relationships on the basis on melt structural 
considerations has been demonstrated by Gaskell (1982) for the system FeO
Si02 (Fig. 32). For highly basic melts in this system (XSi02 < 0.4), Gaskell made 
two observations. First, if the densities of the melts were calculated as simple 
mechanical mixtures of the end-member components (FeO and Si02 ), the result
ing melt densities were significantly lower than the observed values (see dashed 
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Fig. 32. Density of melts on the join FeO-Si02 . Open circles, from Lee and Gaskell 
(1974); closed circles, from Shiraishi et al. (1978); dashed line, calculated density assuming 
mechanical mixing of Si02 and FeO; solid line, calculated density assuming coexisting 
anionic units in melts (see text and Gaskell, 1982). 
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and solid lines in Fig. 32). As an alternative, Gaskell (1982) considered the melts 
as a mixture offree oxygen (02 -), SiO/-, and Si03 2 - units these are most likely 
the structural units coexisting in melts as depolymerized as those shown in Fig. 
32 (Mysen et ai., 1982). The densities of the melts along the join FeO-Si02 could 
be modeled accurately. The solid line in Fig. 32 is calculated with this model 
(Gaskell, 1982). Although the relevant data base is not yet available for this 
kind of exercise for ferric iron, it is likely that similar conclusions might be 
reached for this (and other silicate melt) components. 

Viscosity of Iron-Bearing Silicate Melts 

The viscosities of natural silicate melts vary by several orders of magnitude as a 
function of temperature and bulk composition (see Shaw, 1972; Bottinga and 
Weill, 1972; for review of data). Available data also show that among the most 
important structural parameters affecting the melt viscosity are NBOjT (e.g., 
Bockris et ai., 1955; Lacey, 1968), the bulk melt Alj(AI + Si) (e.g., Riebling, 1966; 
Rossin et ai., 1964; Urbain et ai., 1982), and the type of network-modifying cation 
(Bockris et ai., 1955). The iron content also affects melt viscosity whether it occurs 
as FeO (Rontgen et ai., 1960), as Fe20 3 (Klein et ai., 1981), or as mixtures of the 
two (Cukierman and Uhlmann, 1974; Mysen et ai., 1985d). Because melt poly
merization (NBOjT) depends on Fe3+ ~Fe, it is likely, as shown by Cukierman 
and Uhlmann (1974) and Dingwell and Virgo (1987), that melt viscosity depends 
on the redox ratio of iron. In particular Dingwell and Virgo (1987) found 
that their viscosity data for melts in the system Na20-FeO-Fe20 3-Si02 could 
be rationalized by considering the observed changes in Fe3+ jl:Fe and the re
lationships between Fe 3+ jl:Fe and the coordination state of ferric iron on the 
degree of polymerization of the melts (Fig. 33; see also Fig. 26). A rapid lowering 
of melt viscosity with lowering of Fe3+ jl:Fe until Fe 3+ jl:Fe '" 0.5 (Fig. 33a) was 
ascribed to increasing NBOjT as illustrated in equation (4). With Fe3+ jl:Fe near 
0.5 the Fe3+ begins to transform into octahedral coordination, and a further 
reduction in Fe3 + jl:Fe causes a small NBOjT increase [Fig. 33b; see also equa
tion (17)J, and a near independence of the melt viscosity on the Fe 3+ jl:Fe 
(Fig. 33c). In Fig. 34, the effect on melt viscosity of Fe 3+ (VI)jFe2+ (VI) [labelled 
(VI) in Fig. 34J and Fe3+(IV)jFe2 +(VI) [labelled (IV) in Fig. 34)] are compared 
with the more probable situation where ferric iron undergoes a gradual coordina
tion transformation as a function of the Fe3+ ~Fe (labelled M in Fig. 34). 
Without coordination transformation of ferric iron, the melt viscosity will de
crease continuously throughout the entire range of Fe 3+ ~Fe between 1 and O. 
With Fe3+ in octahedral coordination over the entire range of Fe 3+ ~Fe, the 
melt becomes polymerized as ferric iron is reduced and the viscosity increases. 
In the more realistic situation, as soon as the ferric iron begins to undergo a 
coordination transformation, the rate of increase of NBOjT initially increases 
and the curve labelled M shifts below the IV -curve in Fig. 34, but then slows 
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Fig. 34. Relationships between melt viscosity and ferric/ferrous for melt composition 
NASIVF5 [NBO/T = 0.65 and Al/(AI + Si) = 0.334 with 5 wt% iron oxide as Fe20 3]. 

Data from Mysen and Virgo (1989). 

down as a larger and larger fraction of the remaining Fe3+ is in octahedral 
coordination. When all remaining ferric iron is in octahedral coordination, the 
curves M and VI will coincide (Fig. 34). 

At times Fe3+ and AI3+ have been considered to behave similarly in silicate 
melt structures. Numerous exceptions to this suggestion have been discussed 
above. Differences between ferric iron and aluminum can also be seen in the 
viscous behavior of equivalent iron- and aluminum-bearing silicate melts. For 
example, from a comparative study of melt viscosity in the systems CaO
AI20 3-Si02 and CaO-Fe203-Si02 at 1 bar pressure, Mysen et al. (1985b) made 
two observations (Fig. 35). First, whereas increasing alumina content at constant 
temperature resulted in an increase in viscosity, increasing ferric iron of the same 
base composition on the join CaO-Si02 content resulted in a decrease (compare 
analogous F5, FlO and A5, A10 curves in Fig. 35). Second, in the aluminous 
system, the activation energies were independent of temperature (straight lines 
in Fig. 35). In the iron-bearing analogous system, on the other hand, the viscosity 
versus liT lines were distinctly curved. The viscosity curves can be fitted to a 
quadratic equation; 

(24) 
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Fig. 35. Viscosity of melts in the system CaO-Si02-Fe-O (Mysen et aI., 1985c) and 
CaO-AI20~-Si02 (Rossin et aI., 1964) as a function of temperature. Symbols F5, FlO, 
A5, and AlO denote wt percent Fe20 3 or Al20 3 added to base compositions (SW40: 
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which shows that the activation energy of viscous flow is a linear function of 1jT: 

Eq = 2.303 (b + 2C~). (25) 

From this treatment, it is evident that activation energies of viscous flow of the 
iron-bearing melts decreased with increasing temperature. Raman and Moss
bauer spectral data of the melts reveal that both Fe3+ and AI3+ were in tetra
hedral coordination throughout the composition and temperature ranges of the 
study (Mysen et al., 1985b). From the measured Fe3+ j~Fe of the liquids as a 
function of temperature, Mysen et al. (1985b) concluded that the decrease in bulk 
melt NBOjT that resulted from decreasing Fe3+ ~Fe with increasing tempera
ture could not account for the decrease in activation energy. 

In contrast, it was suggested (Mysen et al., 1985b) that the activation energy 
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changes might be explained with the aid ofthe melt structural data in conjunction 
with the configurational entropy model for viscous flow (see also Adam and 
Gibbs, 1965; Richet, 1984). 

In the superliquidus temperature region many silicate liquids exhibit viscous 
behavior that may be described with the Arrhenius equation: 

log 1'/ = log 1'/0 + E~/R T, (26) 

where 1'/ is viscosity, 1'/0' is the pre-exponential constant, E~ is the activation energy 
of viscous flow, R is the gas constant, and T is the absolute temperature. The 
activation energy of viscous flow may be a function of temperature, however, if 
the melt structure is temperature dependent. One such structural variable is 
non bridging oxygens per tetrahedral cations in iron-bearing melts. Another may 
be variations in proportions of structural units in the melts as a function of 
temperature, leading to changes in configurational entropy of the melt. The 
configurational entropy may be related to activation energy from the expression 
(Richet, 1984): 

RBe 
E~=--, 

Sconr 
(27) 

where Be includes the molar free hindrance energy (Adam and Gibbs, 1965) and 
Sconr is the configurational entropy. The value of the configuration entropy term 
in equation (27) may be assessed with knowledge of the temperature dependence 
of the proportion of structural units in the iron- and aluminum-bearing silicate 
melts. From this information, the mixing term: 

; 

smix = -R " x.lnx. 
L...J I. " 

(28) 
;=1 

where X; is the mole fraction of structural unit i in the melt and may be calculated 
from Raman spectra (Seifert et aI., 1981). Then changes in activation energy from 
condition a [E~(a)] to condition b [E~(b)J can be calculated: 

1 
; 

L: x;lnx;(a) 
;=1 

1 1 
(29) 

; +,;,-----
L: x;lnx;(a) L: x;lnx;(b) 
;=1 ;=1 

It was found (Mysen et aI., 1985b) that changing iron oxide contents of SW40 
base melts (NBO/Si = 1.40) from 5 to 10 wt% Fe20 3 at 1550°C, for example, 
resulted in agreement between observed and calculated changes in activation 
energies within 10%. For the aluminous system, calculated and observed changes 
in activation energies agreed within 15%. Although relevant detailed data on 
melt structure are relatively limited, both the data summarized by Richet (1984) 
and those of Mysen et ai. (1985b) indicate that this treatment of viscous flow is 
promising. 
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Summary 

The structure and properties of iron-bearing silicate melts may be summarized as 
follows: 

1. A wide range of spectroscopic investigations has shown that ferrous iron is a 
network modifier in silicate melts. Ferric iron, on the other hand, occurs 
both as a network former (tetrahedral coordination) and as a modifier. As a 
network former, in oxidized melts, Fe3+ is charge-balanced with alkali metals 
and alkaline earths. There is an intermediate Fe 3+ /~Fe range (0.5-0.3) where 
ferric iron occurs predominantly in clusters compositionally resembling Fe30 4 
with both tetrahedral and octahedral Fe3+. 

2. From data in simple binary metal oxide-silica and ternary metal oxide
alumina-silica systems, Fe 2+ /Fe3+ is positively and generally linearly corre
lated with bulk melt Alj(Al + Si) and NBO/T, where, however, the free energy 
of reduction offerric to ferrous iron decreases with increasing Alj(Al + Si) and 
N BO /T. The redox ratio of iron, Fe2+ /Fe3+, is also positively correlated with 
Z/r2 of the metal cation. 

3. The redox ratio of iron [expressed as In (Fe2+ /Fe3+)] can be related to the 
expression: 

Fe 2+ b Al Fe3+ j 

In Fe3 + = a + -T + cln/02 + d Al S· + e F 3+ S·4+ + L jj(NBO/T)j + 1 e + 1 j=l 

This expression, calibrated against available laboratory-determined relation
ships from simple and complex natural systems (total of 460 analyses) yields 
calculated /02 values that accord with those determined in the laboratory 
for the same samples to within ± 1 log unit for 85% of the analyses. 

4. Chemical and physical properties of silicate melts depend on melt polymeriza
tion (NBO/T). The NBO/T depends on Fe 3+ /~Fe. It has been shown that 
properties such as crystal-liquid trace-element partitioning and liquidus phase 
equilibria can be related to Fe3+ /~Fe and the structural positions of ferric 
and ferrous iron in the melts. 

5. Physical properties such as melt density and viscosity are simple functions of 
the proportions of structural units in the silicate melts. These proportions can 
be determined for iron-bearing (and other) silicate melts from spectroscopic 
measurements. On this structural basis, the values of these properties can 
be predicted within 10-15% relative uncertainty. 
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Chapter 3 
Diffusion in Magmatic Melts: New Study 

Anatoly S. Chekhmir and Mark B. Epel'baum 

Introduction 

Studying the physical properties of magmatic melts is one of the basic problems 
in physico-chemical petrology and geochemistry. Transport properties of mag
matic melts and molecular diffusion of components, in particular, may certainly 
be regarded as the most important physical properties. 

It is difficult to indicate a stage of magmatic evolution that does not involve 
mass-exchange processes. The early stage of magma generation, the process of 
magmatic intrusion, the interaction between magma and enclosing rocks or 
transmagmatic fluids and crystallization of magma,-these processes are all 
controlled, at least to some extent, by a diffusion mechanism. 

Mass-exchange processes in magma chambers may proceed by different mech
anisms such as convectional mass-exchange or extraction of components by a 
fluid phase. Nevertheless, molecular diffusion of components in a melt remains 
one of the elementary and limiting processes. 

Molecular diffusion coefficients of the main components of magmatic melts, 
together with the available data on viscosity and surface tension at the melt-fluid 
boundary, can help in solution of many problems on magma generation and 
magmatic evolution to be solved. 

Previous Works 

The first experimental study of diffusion was made by Bowen as long ago as 1921. 
All the currently available experimental publications on experiments with diffu
sion processes in silicate melts may be divided into the following three groups. 

The first group includes experiments performed before the early seventies and 
is concerned, basically with slags and glass systems. Epelbaum (1980) has re-
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viewed the literature on these systems, therefore there is no need to consider them 
in detail. 

In the mid-seventies the transport properties of magmatic melts attracted 
particular interest among petrologists and geochemists, and experimental studies 
on the subject appeared. Therefore, this second group involves measurements of 
ion diffusivities in glasses and melts that approach in composition those of 
geological interest under normal conditions. 

The third group concerns experiments on magmatic melts or their synthetic 
models at high pressures in the presence of a fluid phase, mostly H 20. 

Experimental results of the last-mentioned two groups are considered here. 
The present paper is not concerned with the details of the publications available, 
but considers only the main conclusions. 

lambon & Carron (1976) and lambon & Delbove (1977) performed a series 
of experiments to measure the diffusion coefficients of alkali ions (Li, Na, K, Rb, 
Cs) and Ca in glasses of albite, orthoclase and obsidian. They also discovered 
that diffusivities of alkali ions are dependent on their ionic radii. Magaritz and 
Hofmann (1978) showed that diffusivity of alkali ions (Na) is two to three orders 
of magnitude higher than that of alkaline earths (Ba, Sr). Similar results obtained 
by Hofmann and Magaritz (1977) and Lowry et al. (1981) regarding diffusion of 
different components (Ca, Sr, Ba, Co, Li) in basaltic melts confirm the above 
statement. 

lambon et al. (1978) studied diffusion of Li and Cs in granite melt of pressure 
of about 3 kbar. Watson (1979a,b, 1982) measured the diffusion coefficients of 
Ca up to pressures of 20 kbar and between ll00-1400°C and showed that, under 
isothermal conditions, the diffusion coefficients of Ca decrease with increasing 
total pressure. Watson also determined the volume activation of diffusion and 
their relationships with temperature. 

Other publications of interest will be discussed as needed in different section 
of the present paper. 

Experimental Investigation of Diffusion Coefficients of 
the Major Rock-forming Oxides 

Experimental Procedures 

The geological literature includes descriptions of large numbers of diversified 
techniques that can be used to determine diffusion coefficients. However, specific 
peculiarities of high temperature-high pressure experiments restrict the method 
applicable considerably. 

In recent years most investigators have used techniques based on radioactive 
isotopes. Together with unquestionable merits, i.e. accuracy of determining the 
matter distribution in a sample, these methods all have restrictions. For example, 
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radioactive isotopes may be inapplicable to processes of multi component diffu
sion and generally do not model the processes occurring in nature very well. 

The development and use of microprobe analysis makes it possible to discard 
the method based on radioactive isotopes in favor of that consisting of making 
a solution of mineral or a crystalline rock in the melt. The diffusion distribution 
of the components of dissolving crystalline phases can then be examined. Fur
thermore, the high resolution obtained from a microprobe (2-3 J.tm) enables 
relatively short-term runs to be used, even in acid melts that feature high viscosity 
and hence thin developing-diffusion zones. On the other hand, the contact of 
crystalline phase and melt favors non-standard diffusion into a semi-infinite 
medium, with concentration of the diffusing component at the interface constant. 
This concentration is identical to the liquidus composition on the diagram of 
two-component system melt-contact mineral under P-T run conditions. In other 
words, as long as the crystalline phase exists, the melt composition at its boun
dary is not changed. The solutions to Fick's equation for a given set of conditions 
can be found in Crank (1956). 

A contact mineral should be stable under the P-T run conditions and have 
a higher melting temperature. To obtain diffusion profiles of sufficient quality, 
the water-albite melt, which meets the following requirements, has been chosen: 

(i) Its physical (viscosity) and structural properties match those of the granitic 
melts. 

(ii) It is homogeneous in composition 
(iii) There are no convective flows 

(iiii) It is easily obtained. 

Fig. 1 shows a diagram of variations in viscosity of granitic melts versus XH20' 

T, P (according to Persikov, 1984). This diagram is used to characterize the 
viscosity run conditions resulting from the close relationship between viscosity 
of melts and diffusivity of components. Under given P-T-XH 2 0 run conditions 
(from 0.5 to 6 kbar, 1000-1100°C and 1.7-8.5 wt% H2 0 in the melt) the viscosity 
of albite melt (Persikov and Epelbaum, 1982) is equal to that of granitic magmas 
in the wide range of thermodynamic parameters (denoted as a shaded region in 
Fig. 1). 

Consequently, the diffusion coefficients measured are characteristic of the 
transport properties of components in granitic magmas at the most important 
P - T parameters. 

Results and Discussion 

The contact minerals used and values of diffusion coefficients of different compo
nents in water-albite melt over the temperature and pressure range from 1000 to 
l100°C and 0.5 to 6 kbar are listed in Tables la-d. 

Consider some regularities associated with the absolute values of diffusion 
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Fig. 1. Viscosity of the system granite-H20 under equilibrium conditions. (According to 
Persikov, 1984.) 

coefficients of rock -forming oxides. All the components of magmatic melts appar
ently may be divided into the following three groups: 

(i) High-charge network-forming cations whose diffusion coefficients range 
from about 10-11 to 10-10 cm2/s with water content in the melt of 1.7 wt%. 

(ii) Oxides of two valence cations-modifiers of the RO (CaO, MgO, FeO) 
type whose diffusion coefficients are about 10-9-10-8 cm2/s under same 
conditions. 

(iii) The most mobile components of melts, i.e. alkali oxides and H20. Their 
diffusion coefficients are between 10-7-10-6 cm2/s. 

In other words, diffusivity of one or another component of magmatic melts is 
apparently controlled by its structural role. 

On the other hand, the diffusion mobility of components depends on the type 
of contact mineral. For example, the diffusion coefficients of CaO turned out to 
be two orders of magnitude lower on solution of anorthite than those on solution 
of wollastonite. In this instance a process of multicomponent diffusion, which 
will be discussed later, must be dealt with. 
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Table 1 a. Diffusion coefficients of some components in a 
water-albite melt (P.ot = 0.5 kbar, XH20 = 1.7 wt%, 
T = 1000-1100°C) 

Diffusing Dissolving Diffusion coefficients, cm2/c 
component mineral lO00°C llOO°C 

Si02 Quartz 8.7 x 10-11 2.7 X 10-10 

Si02 Anorthite 2.5 x 10-11 4.4 X 10-10 

Si02 Nepheline 1.3 x 10-9 4.1 X 10-9 

Al20 3 Cordierite 1.1 x 10-9 

Al20 3 Anorthite 2.5 x 10-11 4.4 X 10-10 

CaO Anorthite 2.5 x 10-11 4.4 X 10-10 

CaO Wollastonite 1.3 x 10-8 2.0 X 10-8 

MgO Enstatite 2.5 x 10-9 5.0 X 10-8 

MgO Cordierite 1.0 x 10-8 

FeO Fayalite 6.8 x 10-9 2.0 X 10-8 

Na+-K+ AbL-OrL 6.0 x 10-7 1.7 X 10-6 

Na20 Nepheline 1.3 x 10-9 4.1 X 10-9 

P20S Apatite 3.4 x 10-11 5.3 X 10-11 

W03 Scheelite 5.3 x 10-11 1.8 X 10-10 

Mo02 Molybdenite 2.5 x 10-10 3.6 X 10-9 

Ti02 Sphene 1.4 x 10-10 8.0 X 10-10 

Fe203 Hematite 2.2 x 10-10 5.3 X 10-10 

Sn02 Cassiterite 4.4 x 10-9 1.3 X 10-8 

Cu20 Cuprite 6.1 x 10-8 

H2O H2O 9.1 X 10-7 1.6 X 10-6 

H2 H2 8.0 X 10-4 

Table 1 b. Diffusion coefficients of some components in 
water-albite melt (P.ot = 2 kbar, XH20 = 3.8 wt%, 
T = 1000°C) 

Diffusing Dissolving Diffusion coefficient, cm2/c 
component mineral 1000°C 

Si02 Quartz 3.4 x 10-10 

Si02 Anorthite 4.1 x 10-10 

Al20 3 Anorthite 2.4 x 10-9 

CaO Anorthite 8.5 x 10-8 

103 
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Table 1 c. Diffusion coefficients of some components in 
water-albite melt (PlOt = 4 kbar, X H20 = 6.5 wt%, 
T = 1000-1100oq 

Diffusing Dissolving Diffusion coefficient, cm2/c 
component mineral 1000°C llOO°C 

Si02 Quartz 2.8 x 10-9 

Si02 Anorthite 2.5 x 10-9 4.4 X 10-9 

Si02 Nepheline 6.4 x 10-9 8.6 X 10-9 

Al20 3 Nepheline 6.4 x 10-9 8.6 X 10-9 

Al20 3 Anorthite 6.5 x 10-9 9.5 X 10-9 

CaO Anorthite 4.0 x 10-7 5.1 X 10-7 

MgO Enstatite 7.0 x 10-8 9.5 X 10-8 

Na20 Nepheline 6.4 x 10-9 8.6 X 10-9 

Table 1 d. Diffusion coefficients of some components in 
water-albite melt (~ot = 6 kbar, XH20 = 8.5 wt%, 
T= 10000q 

Diffusing Dissolving Diffusion coefficients, cm2/c 
component mineral 1000°C 

Si02 Anorthite 3.4 x 10-9 

Al20 3 Anorthite 9.5 x 10-9 

CaO Anorthite 9.1 x 10-7 

MgO Enstatite 1.1 x 10-7 

Experimental Investigation of Diffusion Coefficients of 
Components of a Fluid 

Experimental Procedure and Results 

Knowledge of the diffusivities in magmas of aqueous fluid components is also of 
great importance. Therefore, the diffusion coefficients of HCI and HF have been 
determined. 

For this determination, a polished glass cylinder was placed in a Pt tube that 
was then filled with a 5 N solution of HF or HC!. Because only a small amount 
of HCI (HF) is dissolved in the melt during the short-term experiments, changes 
in its activity in the fluid may be neglected and consideration given to the HCI 
(HF) content on the sample surface constant. Consequently, it is possible to 
consider diffusion into a semi-infinite medium with a constant concentration of 
the diffusing component at the interface. 

After the experiment the distribution of CI and F along the sample were 
determined with a microprobe. The results are shown in Table 2. 
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Table 2. Diffusion coefficients of the components of a fluid 
(Ptol = 0.5 kbar, XH• O = 1.7 wt%, T = 1000-1100°C) 

Diffusing 
component 

HF 
HCI 

Source 

5 N sol HF 
5 NsolHCI 

Diffusion coefficient cm2jc 
1000°C 1100°C 

_10- 7 _10-7 

1.4 X 10-9 5.1 X 10-9 

Experimental Study of the Hydrogen Transport 
Through Magmatic Melts 

105 

All the experimental publications now available on the problem of hydrogen 
transport are concerned with systems grossly different in composition from those 
of geological interest. To identify a relative mobility of hydrogen and peculiarities 
of its transport through magmatic melts out a series of experiments applying a 
specially developed method were performed, using the redox color indication 
technique. 

The method is as follows. A specific amount ofvariable-valence ions (so-called 
traps) is introduced in a sample. Interaction with a redox agent causes these ions 
to change the color of that zone of the sample in which the redox reaction 
takes place. Measuring the thickness of the above zone allows calculation the of 
diffusion coefficients of the corresponding agents (or diffusing species). It is logical 
that the rate of advance of this changed zone is dependent on solubility of hydro
gen and concentration of traps in the sample. From knowledge of the solubility 
of hydrogen and concentration of traps a value for the "intrinsic" diffusion 
coefficients of the redox agent (in this example, hydrogen), i.e. the rate of its 
penetration in the sample that contains no traps can be calculated. Ignoring con
centration of traps permits measurement of the value of the apparent diffusion 
coefficients. The present method is fairly well developed theoretically (Crank, 
1956). 

It is obvious that with decreasing concentration of traps the apparent diffusion 
coefficient value ofthe redox agent will approach the "intrinsic" one. By contrast, 
with increasing concentration of traps in the sample the rate of advance of the 
chemical reaction front decreases, i.e. there is a "delay" caused by consumption 
of the redox agents in the chemical reaction. 

The authors performed experiments with albite glass containing CO2 (0.05 
wt%) as traps. The diffusion runs were conducted in a gas-pressure vessel equip
ped with a speciallevelling-partitioner that allowed regulation of the pressure of a 
pure H2 up to 4 kbar. The experiments were carried out at PH2 = Plot = 1.8 
kbar in the temperature range 750-880°C. Mter the experiments, the surfaces of 
the samples darkened. The average thickness of the zone where the redox reaction 
takes place was measured by optical methods and equaled 1-1.3 mm at different 
temperatures. (For further details see Chekhmir et al., 1985). 
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Table 3. Diffusion coefficients of hydrogen in an albite 
glass (PH 2 = 1.8 kbar) 

rc 750 

1.7 X 10-6 

Temperature, ·C 

880 820 750 

820 880 

5.0 X 10-6 7.6 X 10-6 

Fig. 2. Arrhenius-type plot of dif
fusion coefficients of the hydro
gen calculated for albite glass. 

The values of "intrinsic" diffusion coefficients of hydrogen in albite glass are 
listed in Table 3. Fig. 2 shows the relations between log D and 1/T. 

The apparent diffusion coefficients calculated from the thickness of the reac
tion zone (neglecting concentration of traps) and "intrinsic" diffusion coefficient 
value actually turned out to be the same due to low solubility of CO2 in the 
sample. Consequently, CO2 cannot be used as traps in experiments on melts, 
because diffusion rates are higher in melts than in glasses. 

To measure the diffusion coefficients of H2 in albite melts Mn20 7 was used 
as traps. This color indicator was chosen because of its high solubility in melts 
in addition to the clearly defined colors of reducing and oxidizing Mn forms in 
silicate glasses. These experiments were carried out at water pressure of 0.5 kbar 
and 1000°C. Due to the Ni-NiO buffer the partial hydrogen pressure was about 
5 bar. The apparent diffusion coefficient value was estimated to be 2 .10-7 cm2/s, 
whereas the "intrinsic" one equals 8 .10-4 cm2/s. 
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With greatly increasing concentration of traps in the sample the rate of 
advance of a front of chemical reaction is seen to be 3 orders of magnitude lower 
than "intrinsic" mobility ofH2 • In other words, the components available in the 
melt and capable of interacting with hydrogen may slow the rate of hydrogen 
penetration into the melt considerably, regardless of its extremely high "intrinsic" 
mobility. 

The Effect of H 20 Concentration in the Melt on the 
Diffusion Mobility of Components 

To the authors' knowledge no systematic experimental investigations have been 
conducted on the H20 effect on diffusivity of components. Of all the available 
publications, only the experimental studies of lambon (1978) and Watson (1979a) 
on Cs diffusion in granitic melts between 700° and 900°C and H20 content in 
the melt of 0, 1, 2 and 6 wt% (see Fig. 3) may be cited. Although the authors 
performed the experiments with almost identical melts, their results agree only 
qualitatively. 

Karsten et al. (1982) studied the effect of water content in rhyolitic melt on 

Fig. 3. Diffusivity ofCs in granite 
melt at different H 20 content 
(open circle, Jambon, 1978; solid 
circle, Watson, 1979a). 
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Table 4. Diffusion coefficients of Si02 in a water-albite melt 
at 1000°C and different pressures and water content 

Diffusing Total Water content Diffusion 
component pressures wt% coefficient 

Si02 1 atm 0 4.1 x 10-12 

Si02 0.5kb 1.7 8.7 x 10-11 

Si02 2.0kb 3.8 3.4 x 10-10 

Si02 4.0kb 6.5 2.8 x 10-9 

Si02 6.0kb 8.5 3.4 x 10-9 
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Fig. 4. Diffusivity of Si02 in the water-albite melt at 1000°C plotted against the total 
water content (wt%) in the melt. 

the diffusion mobility of H 20 between 650 and 950°C and at water pressure of 
0.7 kbar. It should be noted that the activation energy of the water diffusion is 
constant regardless of the content (1-3 wt%) in the melt. The results were rather 
unexpected in view of the conclusions of lambon et al. (1978) regarding Cs 
diffusion. These authors concluded that the activation energy for Cs diffusion 
varies from 70 to 17 kcal/mol as H20 content increases from 0 to 2 wt%. 

Table 4 and Fig. 4 represent the author's measurements on, for example, DSi02 

in water-albite melts in a wide range of H 20 concentrations. On the assumption 
that the effect of total pressure (ranging from 0.5 to 6 kbar) is negligible in 
comparison to that of H20, logD - XH20 relationships may be described by the 
equation: 



Diffusion in Magmatic Melts 109 

-20.879 
log DSi02 = 4633 - 6.839 

X HzO + . (1) 

It is evident from Fig. 4 that initial portions of the dissolved H2 0 (up to 3 
wt%) have the most marked effect on the diffusion coefficient value of compo
nents and the curve becomes less steep on further solution. The acid melt 
viscosity is affected in a similar way (see Fig. 1). The mechanism of influence of 
H 20 and some other factors (T, Ptot ) on diffusivity of components will be given 
below. 

Characteristic Features and Regularities of Molecular 
Diffusion Processes in Magmatic Melts 

Characteristic Features of the Diffusion Distribution of 
Components Near Contact Zones 

Analyzing the diffusion distribution patterns of components near contact zones 
reveals some features of mineral dissolution. In sum, consideration of solution of 
simple one-component minerals-oxides, such as Si02 , the distribution curves 
are typical of diffusion (see Fig. 5), indicating that there is no interaction between 
dissolving silica and the albite network. This is the simplest condition to the 
authors' knowledge. 
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Fig. 5. Electron microprobe traverses across boundary layers of water-albite melt in 
contact with dissolving quartz crystal. (PHzO = 0.5 kbar.) 
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Fig. 6. Electron microprobe tra
verses across boundary layers of 
water-albite melt in contact with 
dissolving wollastonite, enstatite and 
faylite crystals. (PH20 = O.Skb.) 

Distribution of components of the silicates of CaO, MgO and FeO (wollasto
nite, enstatite, fayalite) is more complicated (Fig. 6). The distribution curves of 
CaO, MgO and FeO are typical of diffusion, but those of Si02 on solution of 
wollastonite and enstatite are not. If solution of mineral is not accompanied by 
other processes, the distribution of its components must become similar to that 
available at the contact of fayalite with albite melt. As it passes into the melt, the 
mineral is decomposed and its components move with their own diffusion 
coefficients. If the latter are different (DFeo ~ 10-9 cm2js and DSi02 ~ 10-10 

cm2js), the thickness of the diffusion zones is also different (600 and 100 Jim, 
respectively). 

The situation is quite different if solution is accompanied by some other 
processes. Fig. 6 shows that Si02 entering the melt on solution of wollastonite 
and enstatite is concentrated near the contact zone. Moreover, some amounts of 
silica in albite are also concentrated there, leading to the appearance of a 
"cavity" on the Si02 distribution curve at a distance of about 200 Jlm from 
the contact. It is inferred that this phenomenon results from acid-basic interac
tion between components of the melt. Hence, an influx of the basic components 
(for example, CaO) in the melt, involves a decrease in the activity coefficients of 
acid components such as silica. Consequently, there appears a Si02 chemical 
potential gradient that inhibits the movement of silica from wollastonite and 
gives rise to the counter flow of Si02 • 

This idea is confirmed by the peak height that corresponds to basicity of the 
diffusion oxides (minerals). When CaO is introduced, the concentration of silica 
increases to about 8 wt%, MgO to 4 wt%, and silica is not redistributed on 
diffusion of FeO (see Fig. 6). 

Experiments carried out in gabbro-no rite melts are strong evidence for valid-
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Fig. 7. Electron microprobe traverses across boundary layers of gabbro-norite melt in 
contact with dissolving quartz crystal. (P = 1 atm, T = 1300°C.) 

ity of our interpretation pertaining to this phenomenon. In this example the 
solution of an acid component (SiOz) gives rise to a similar decrease in activity 
coefficients of the basic components, namely KzO and NazO. Chemical potential 
gradients ofKzO and NazO, formed in the melt, lead to their re-distribution and 
an increase in their concentration at the contact zone (see Fig. 7). 

Sato (1975) reported a similar KzO distribution in basaltic melt. He described 
diffusion coronas around xenocrysts in andeside and basalt from the Tertiary 
volcanic region in Northeastern Shikoku, Japan. Microprobe analyses of these 
samples have shown that concentration of KzO in basalt increases from 1.4 
to 6.2 wt% along the diffusion zone toward the contact. Moreover, Sato's experi
ments are similar to the authors', i.e. quartz crystals have been dissolved in 
basaltic melt at 1400°C for 7 hr. The KzO and NazO concentrations in the 
diffusion zone of about 120-150 Jlm length are shown to increase towards the 
contact with quartz crystal. 

The solution of silicates of CaO, MgO, and FeO in the melt causes severance 
ofthe chemical bonds between their constituent oxides (RO and Si02 ). The latter, 
for example FeO and Si02 , therewith, move along the contact zone with in
dividual diffusion coefficients varying by almost two orders of magnitude. This 
movement leads to different thicknesses of the diffusion zones. 



112 A.S. Chekhmir and M.B. Epel'baum 

A~03 CoO Albite melt 5i021 

22 ! 2q 67 

21 :E 
'-
0 

0/1 
C 

20 c « 65 
Q/ 

19 0, u 
'- A12~ Nap melt 5i02 
Q/ 
0- , 
1: 25 .~ 18: 65 C7\ 

23 { 
, 

"0; , 
~ Q/ 15, 60 

21 Z , , 55 
19 121 

An Ne Albite melt 
14 

~ 10 Q/ 
Z 

i I 
6 C 301 

« I 

2 10' 1 
1 

0 40 80 120 160 
Distance microns 

Fig. 8. Electron microprobe traverses across boundary layers of water-albite melt in 
contact with dissolving anorthite and nepheline crystal. (PH20 = 0.5 kbar, T = ll00°C.) 

However, on solution of some aluminosilicates, in part anorthite and nephe
line, differential mobility of their constituent oxides (for example, CaO, A120 3 , 

Si02 ) in the contact zone is lacking. The oxides mentioned move with one and the 
same diffusion coefficient (see Fig. 8 and Table 1a). 

Moreover, quantitative relationships between the oxides that compose anor
thite and nepheline are consistent with stoichiometric mineral composition in 
each section of the diffusion zone, i.e. the movement of anorthite and nepheline 
molecules (or minals) is fixed. Therefore, the values of diffusion coefficients 
of such normally mobile oxides as Na20 and CaO are two to three orders of 
magnitude lower than those obtained on solution of wollastonite or in ionic 
exchange between albite and orthoclase. 

Similar results were obtained by Yoder (1973) in his experiment on basanitic
rhyolitic melts interaction. The thickness of the diffusion zones between the 
rhyolitic and basanitic melts for all their componens were the same. Although 
Yoder did not list the diffusion coefficients' values they are readily calculated, 
and turn out to be equal. However, it is not yet clear from these experiments 
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whether the author excluded the possibility of the melt mixing through 
convection. 

Aliberty and Carron (1980) reported diffusion coefficient measurements for 
Si02 , Ti02 , A120 3 , CaO, MgO, K20, Na20 at ionic exchange between couples 
of glasses and melt of basaltic and rhyolitic composition. In this work, Yoder's 
experiment was actually reproduced, but with a view to measuring the diffusion 
constants. The procedure involves heating of co-axial cylinders from the men
tioned glasses between 900 and 1300°C at 1 atm. Distribution of components in 
the diffusion zone was determined with a microprobe. The results showed that 
the thicknesses of diffusion zones and values of diffusion coefficients are equal. 
The fact that the components in glasses have also a tendency to coherent 
movement seems particularly important because convection in these conditions 
is impossible. 

Simultaneous movement of the dissolving mineral components in the melt is 
unequivocal evidence of the chemical bonds and molecules available. The latter 
are consistent with a crystalline state of the system. 

In addition to its structural interest, this phenomenon is of great importance 
when calculating all the possible mass-exchange processes in magmatic melts. It 
should be noted that using only "individual" diffusion coefficients involves 
considerable errors in calculation, for example, of the thickness of diffusion zones. 

It is worth noting that not all aluminosilicates are dissolved as molecules in 
the albite melt. Thus, on solution of cordierite and gehlenite there takes place 
differentiation of the oxides on mobilities. This differentiation causes a loss of 
stoichiometry in the sections parallel to the interface mineral-melt and results in 
different thicknesses of diffusion zones (see Fig. 9). 

To ascertain the H20 effect on the movement of anorthite and nepheline 
components these minerals were dissolved in the water-albite melt at varying 
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water contents. Nepheline tends to stoichiometrically move in the whole range 
of H 2 0 contents (up to 8.5 wt%). However, it is quite natural that diffusion 
coefficients of all the nepheline oxides increase under the other conditions. As 
for anorthite, at a pressure of 1.5 kbar ('" 3 wt% H 20 in melt) its molecule:. start 
to be broken and constituent oxides to move with the diffusion coefficients typical 
of the free state (see Table 1 b-d). 

Relations Between Diffusivity of the Melt Components, 
Viscosity and the Nature of Diffusing Oxides 

As mentioned above, the values of diffusion coefficients obtained for some 
components of the melt are typical of granitic magmas. 

However, it is also necessary to have data on the diffusivity of various compo
nents in the melts of other compositions (for example, basalt, andesite). In 
addition, a great deal of the components of interest as well as labor-consuming 
experiments require a special method for a quick and sufficiently accurate estima
tion of the diffusion coefficients of any component in different melts. The follow
ing main principles form the basis of the method suggested: 

(i) linear relations between log D and log" 
(ii) the diffusivity of components as a function of their charge and radius. 

The linear relations between log D and log" follow from the well known 
Stokes-Einstein relations: 

k·T 
D=--

6nR" , 

where k = the Boltzmann constant, R = the radius of the diffusing cation, " = 
the viscosity of melt, T = the absolute temperature, whose taking logs is as 
follows: 

10gD = A - Blog". 

A great body of experimental evidence on diffusion of various components in 
glasses, their melts and melts of metallurgical slags confirms the above linear 
relation (Epel'baum, 1980). 

Fig. 10 shows that for a wide viscosity range a linear relationship is seen 
between log D and log". This view enables the D values of components both in 
granitoid melts (in the wide P-T-Xn conditions) and in the melts of the other 
compositions to be estimated. 

The relationships considered may be described by the following equations: 

logDsio2 = -0.58010g" - 6.633 

logDA'2oJ = -0.352 log" - 6.927 

(2) 

(3) 



Diffusion in Magmatic Melts 115 

Pressure/ ternperatu re 

6/1000 4/1000 05/1100 05/1000 
-------"~c,;1-1--'O~---2-/1O~~~05ol 

f H';1 I 

-6 . H.p,RP 
0 
01 
0 

....) • CoO -8 
MgO 
A 120,5 

-10 .5102 

2 3 4 5 6 

Igl"\. 

Fig. 10. Relationships between diffusivity of components and viscosity of metls (experi
mental data). 

logDMgo = -0.607 log 11 - 5.107 

log Deao = - 0.671 log 11 - 4.048 

(4) 

(5) 

Using viscosity as a parameter for comparison allows one to ignore a set of 
factors that can act on diffusion mobility of the melt components. These factors 
are temperature, total pressure, volatile content and composition of melt. 

To estimate the values of diffusion coefficients for various components in the 
melt of a fixed composition one way use experimental relations between log D 
and ionic potential components (or Cartly's potential), Z / R, where Z is the charge 
of the cation and R its radius. 

Fig. 11 shows such relations for diffusion of 11 components in the water-albite 
melt at pressures of 0.5; 2 and 4 kbar. 

The 0.5-kbar curve, which contains the largest amount of information, may 
be described by the following equation: 

10.561 
logD = Z/R + 1.439 - 11.161. 

A very good relationship between logD and Z/R allows estimation of the 
possible diffusion coefficient values of rock -forming or ore components of interest 
without additional experiments. 

Relationships are thus obtained that can be used not only to estimate the 
values of diffusion coefficients for completely different components in the water-
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albite melt, but also to apply these data to melts of different composition, using 
the log D - log" relationships. 

Applications 

Inasmuch as this paper is dedicated mainly to experimental results, only the data 
of greatest interest will be considered here. 

In the previous section of the paper were described experiments in which the 
components of the melts concentrated at the contacts of interfaces and might be 
found both in experimental and natural systems (Sato, 1975). Although the above 
instances are characteristic of small-scale processes, the "uphill" diffusion may 
occur in large-scale processes, such as interaction of magmatic melts with enclos
ing rocks. 

For example, at the contact of the Chiney gabbro-noritic pluton (North 
Baikal) with sedimentary terrigenous rocks there is a narrow zone enriched in 
Ksp and Qz in contrast to the gabborid massif under consideration. The curves 
of component distribution in the zone are characteristic of the diffusion processes 
and likely to be formed during hybridization. 

However, lower contents of K 20 in enclosing rocks (sandstones) compared 
to those in gabbro-norites suggest that re-distribution of K 20 is caused by 
acid-base interaction of components on solution of Si02 from the sandstone. 
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This sequence was predicted from experiments (Fig. 7). For further details, see 
Konnikov, Epel'baum, Chekhmir, 1981. 

The "Diffusion" Technique for Studying Liquidus 
Relations Under Hydrothermal Conditions 

The compositions of melt at the contact with quartz have been analyzed with a 
microprobe in a series of experiments (for example, for system quartz-albite) at 
P = 0.5 kbar and T = WOO, 1050 and llOO°C. The compositions analyzed are 
consistent with those obtained by Tuttle and Bowen (1958) for this system. One 
of the main advantages of the proposed method is that there is no need to attain 
equilibrium and, as a consequence, the experiments are less labor-intensive. For 
example, the run duration of Tuttle and Bowen is 5-7 days, whereas the authors' 
is 2-3 hr. 

Moreover, the solubility of minerals (in part ore) as well as investigations on 
distribution of accessory components (Watson, 1984) may be determined by this 
method. 

Conclusions 

Experimental study of processes pertaining to molecular diffusion of components 
in magmatic melts is now in progress. Different investigators have measured the 
diffusion coefficients for a wide range of components of magmatic melts at high 
pressures and temperatures. 

The H 2 0 influence upon the increase in diffusivity of components is revealed. 
Various methods have been developed to estimate the values of diffusion 

coefficients in magmatic melts over a wide range of temperatures and pressures. 
However, the molecular diffusion studies should not be considered complate. 

The diffusion processes of redox agents followed by chemical reaction seem to 
be worthy offurther study and look promising for investigating evolution proces
ses of natural magmas. Processes similar to those mentioned are responsible for 
regulation of redox potentials in magmas and oxidation states of variable valence 
ions as they occur in magmas. To date, the authors' experiments on hydrogen 
transport through model magmatic melts appear to be unique in this respect. 
However, it is unlikely that hydrogen is the only component responsible for redox 
conditions in melts. 

The present results certainly must be used in corrected calculations regarding 
various mass-exchange processes. The first such calculations have been done 
already. For example, evaluation of the time needed for complete dissolution of 
xenoliths in melts (Watson, 1982), a quantitative approach to the explanation of 
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zoned crystal formation (Simakin, 1983), estimations of true rates of crystal 
growth in melts (Simakin, Epel'baum, 1984) and other calculations. 
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Chapter 4 
Chemical Diffusion in Magmas: An 
Overview of Experimental Results and 
Geochemical Applications 

E. Bruce Watson and Don R. Baker 

Abstract 

The subject of chemical diffusion in magmas has attracted the interest of petrolo
gists and geochemists seeking to place time constraints on phenomena ranging 
from magma mixing to crystal growth. Experiments have been devised to ex
amine chemical diffusion effects during such processes as interdiffusion of two 
liquids, growth and dissolution of crystals, exchange of halogens with oxygen in 
the air, reduction or oxidation of dissolved iron oxide, and introduction of 
dissolved volatiles. A few experiments have even been done using a temperature 
gradient to induce thermal migration. 

Many of the studies carried out to date have incorporated variations in 
temperature, pressure, and dissolved H20 content, so the collective results 
allow diffusivities in magmas to be estimated quite well for most geologically
realizable conditions. In general, the following major characteristics appear to 
hold: 

(1) Network-forming species, most notably Si02 , are the slowest-moving mag
matic components, although network-modifiers that form stable complexes 
in the melt may be equally sluggish; 

(2) alkalies, divalent cations, oxygen, and fluorine are the most mobile magmatic 
components when their transport is not rate-limited by counterdiffusion of 
slower species; and 

(3) the effect of H 20 content on chemical diffusion of most components (includ
ing H20 itself) is extremely large, sometimes amounting to several orders of 
magnitude at crustal melting conditions. 

120 
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Introduction 

Geochemists' Perspective on Diffusion in Molten Silicates 

Diffusion in molten silicates has been a topic of major interest in several scientific 
disciplines, including physical chemistry, materials science, and geology. The 
underlying reasons for this interest vary considerably: Some chemists may be 
concerned with fundamental properties of metal oxides at high temperature, and 
other researchers in materials science may be motivated by more practical 
considerations such as the rate of melt homogenization during glass making. 

Geoscientists working on diffusion in molten silicates seek answers to ques
tions regarding the internal processes of the Earth and terrestrial planets. Pet
rologists and geochemists have recognized for some time that the attainment of 
equilibrium in igneous systems can be hindered by slow diffusion of some species 
in the melt, even in situations that involve time scales far exceeding those of 
human experience. This realization has prompted numerous laboratory mea
surements of chemical diffusion. The common objective of these studies has been 
to provide the requisite data for (1) constraining the rates at which certain natural 
processes can occur, or (2) extracting information on the thermal history experi
enced by a given system that preserves a disequilibrium state. Basically, geolo
gists want to know "How fast can (or did) a specific magmatic transport process 
take place?" 

Scope of this Chapter 

For the sake of managability, the scope of this paper is restricted in several 
ways. First, it is intended as an overview of chemical diffusion only, by which is 
meant element migration in response to a chemical (potential) gradient, resulting 
in a net flux of that element and necessitating simultaneous motion of charge
balancing species in the opposite direction. No consideration is given here to 
self, or tracer, diffusion, which specifically characterizes atomic migration under 
circumstances of effectively no potential gradient and therefore results in no net 
flux. Self- and tracer-diffusion measurements are made by use of a radioactive 
(traceable) isotope that intermingles with other isotopes of the element of interest. 
Although the strict relevance of tracer diffusion is limited to the specific fields of 
isotope geochemistry and geochronology, for practical purposes the data can 
also be applied to problems involving trace element transport. Chemical diffusion 
in magmas has somewhat broader applications in geochemistry and petrology, 
as should be apparent in the "applications" section. For a review that includes 
a discussion of tracer diffusion measurements, the reader is referred to Hofmann 
(1980). 

The second deliberate limitation of this chapter is that it summarizes contribu
tions from the geologic community only. A good deal of research highly germane 
to diffusion in magmas has been done by glass scientists and ceramists; for the 
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present purposes, however, these contributions are regarded as belonging to a 
separate, though no less important, literature. The compilation by Freer (1981) 
is a good starting point from which to enter the glass and materials science 
literature. 

Considering that the overall objective of this paper is to provide the reader 
with a practical overview of experiments, data, and applications of chemical 
diffusion in magmas, relatively little space is devoted to theoretical and mathema
tical considerations. This shortcoming is perhaps most significant in interdiffu
sion of two complex liquids, which has been the subject of detailed mathematical 
treatments. For a recent paper illustrating the ion flux approach of Cooper (1965), 
the reader is referred to Oishi et al. (1982). Some discussion on this subject is also 
given by Hofmann (1980). In the near future, contributions on this topic can be 
anticipated from Lasaga and co-workers (Muncill and Lasaga, 1984). The only 
discussion of theoretical considerations in this paper is the presentation of a 
general method for estimating chemical diffusivities by use of transition state 
theory. 

It will be immediately apparent that this paper deals almost exclusively with 
cation diffusion, with only brief discussion of the anions F - and 0 2 -. This 
limitation reflects simply the availability of experimental data. Studies of chemi
cal diffusion in magmas have focused primarily upon major elements ofthe Earth, 
which include Si, Ti, AI, Mg, Fe, Ca, Na, K, Mn, and P. Oxygen, of course, is 
also a major component, but has received relatively little attention due to 
inherent analytical difficulties. 

Summary of Experimental Approaches and Results 

In this section, the results of experimental work by petrologists and geochemists 
on the topic of chemical diffusion in magmas are condensed into a few pages. 
For simplicity in presentation, the research efforts are categorized either by 
experimental approach (e.g., interdiffusion of two liquids) or by the principal 
objective of the experiments (e.g., to evaluate the effect of pressure), whichever 
seems to take precedence. Thus, for example, although Kushiro (1983) reports 
the results of experiments involving liquidj1iquid interdiffusion, his paper is 
discussed under the heading "Effect of Pressure," because pressure was the focus 
of the study. 

Interdiffusion of Two Liquids 

The earliest attempt to characterize chemical diffusion in magmas was made by 
Bowen (1921), who examined interdiffusion of two magma analogs, molten 
diopside (CaMgSi20 6 ) and molten plagioclase [(Ca, Na)AI1-2Si3-20s]. In ex
periments remarkably similar to those still conducted today, Bowen prepared 
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glasses of the two silicates, placed them in gravitationally-stable contact in 
a platinum crucible, and allowed them to interdiffuse at 1500°C and 1 atmosphere 
pressure for 17 to 48 hours. Without recourse to in situ microanalytical tech
niques (i.e., the electron microprobe), Bowen determined the extent of diffusional 
intermingling by measuring refractive indices along the interdiffusion zone. An 
independent calibration of refractive index vs. glass composition across the 
diopside-plagioclase join then allowed him to draw compositional profiles, which 
led, through an error-function solution of Fick's second law, to bulk diffusivities. 

Implicit in Bowen's technique was the assumption of "linear" interdiffusion, 
i.e., that the composition of any liquid in the interdiffusion zone could be 
characterized in terms of the two intermingling endmembers, diopside and 
plagioclase. Bowen had, in fact, no means by which to characterize the gradients 
in individual elements or oxides (i.e., the "chemical path"). Despite this necessary 
oversimplification, the diffusivities obtained (10- 6 to 10-7 cm2/sec) are in good 
agreement with much more recent studies made after the advent of micro
analytical techniques. 

Following Bowen's classic study, no further work on diffusion in magmas was 
done until 1973, when the results of two studies were published-one by Yoder 
(1973) on interdiffusion of molten basalt and rhyolite, the other by Medford 
(1973), aimed specifically at characterizing Ca transport in mafic magmas. 
Yoder's objective was to show that melts of rhyolitic and basaltic composition 
are in fact miscible. In experiments broadly similar to those of Bowen, he placed 
powders or cylinders of rhyolitic obsidian and crystalline basalt in opposite ends 
of small Pt capsules. Sufficient water was added to saturate the melts at run 
conditions, and the capsules were sealed by welding. The resulting diffusion 
couples were run in an argon-medium vessel at 1 kbar pressure and 1200 or 
950°C for 1 and 2 hours, respectively. Inasmuch as they produced interdiffusion 
zones easily resolvable with the electron microprobe, the experiments were a 
convincing demonstration that the two magma types are miscible at the specific 
conditions tested. Although Yoder made no attempt to compute actual inter
diffusivities from his analytical profiles, apparent "bulk" values on the order of 
1-5 x 10-9 cm2/sec at 1200°C are readily calculable from the smoothed curves 
presented. The data are not sufficiently detailed to reveal diffusivity differences 
among the major oxides analyzed, but there was some suggestion of anomalous 
behavior with potassium. 

Medford's (1973) objective of obtaining a diffusivity for Ca in generally basal
tic magma (specifically, a mugearite) was pursued by preparing glass-in-Pt-tube 
diffusion couples in which one half consisted of Ca-enriched material (10 wt% 
CaO relative to 7.5 wt% in the unadulterated rock composition). In this respect, 
Ca was the only variable component across the diffusion couple; the work 
still amounted to an experiment in chemical diffusion, however, because a gra
dient in Ca concentration was set up, and any net flux of Ca would have to 
be charge-compensated by an opposing flux of some other element. Through 
Boltzmann-Matano analysis, Medford's microprobe scans for Ca on samples run 
at 1230 to 1423°C produced the following well-defined Arrhenius relationship: 
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Dca = 0.0023 exp( - 29,500/ RT) (1) 

where Dca is calcium diffusivity, R is the gas constant (caljdeg-mole), and T 
is absolute temperature. Interestingly, the activation energy of ~ 30 kcaljmol is 
similar to published values for Ca tracer diffusion in simple melts at low pressures 
(e.g., Watson, 1979). The nature of Medford's experiments precluded measure
ments of diffusivities for elements other than Ca. 

The first systematic and general study of chemical diffusion in magmas was 
that of Smith (1974), who examined interdiffusion of alkalies (Na, K, and Rb) in 
basaltic, andesitic, and rhyolitic melts. His experiments again involved the use of 
diffusion couples, the two halves of which initially differed only in the identities of 
the alkalies present -one half was artificially enriched in one alkali, the other half 
in another alkali. Smith's results are described in some detail by Hofmann (1980); 
the salient conclusions are the following: (1) interdiffusion of alkalies is governed 
by diffusivities in the range ~ 10-5 to 10-7 cm2/sec (T ~ 1200-1500°C); and (2) 
the larger alkalies are generally somewhat slower than smaller ones with which 
they interdiffuse, so in order to maintain charge balance, motion of another 
cation (usually Ca) is required. In an experiment similar to that of Yoder (1973) on 
basalt/rhyolite interdiffusion, Smith confirmed a bulk interdiffusivity of _10- 9 

cm2/sec. 
From experiments designed primarily to examine differentiation processes in 

basaltic magma, Dowty and Berkebile (1982) were able to extract some informa
tion on chemical diffusion. These authors melted coarsely-crushed natural dia
base and found that, early in the melting process, plagioclase crystals floated and 
pyroxene crystals sank. Upon completion of melting, vertical composition gra
dients in some elements were thus established, and the decay of these gradients 
over time could be used to compute diffusivities. Sodium, Fe 2+ , Mg, and Al were 
found to have approximately the same diffusivity of 10-6 .6 cm2/sec at 1300°C. 
These numbers are similar to Smith's (1974) values for alkalies and those of 
Medford (1973) for Ca. Although the Dowty and Berkebile diffusivities were 
obtained in a sense as by-products, they are interesting because they pertain to 
a situation of no initial gradient in Si02 concentration. 

As part of a larger study of the interaction between mafic magmas and felsic 
materials of the continental crust, Watson (1982) carried out severalliquidjIiquid 
interdiffusion experiments in which molten basalt was juxtaposed in diffusion 
couples with molten feldspar or granite. These studies were sufficiently detailed 
to reveal very clearly the phenomenon of 'non-linear' or 'selective' interdiffusion. 
For all conditions investigated (0.001 and 6 kbar; 1200 and 1300°C), the following 
general conclusions apply: (1) diffusional mixing of mafic and felsic liquids with 
respect to Si02 is quite slow, the interdiffusion profiles giving Boltzmann-Matano 
diffusivities on the order of 10-9 to 10-10 cm2/sec; (2) interdiffusion of alkalies 
can be extremely fast (up to 10-5 cm2/sec) and may result in net fluxes either 
down or up the initial concentration gradient, whichever tends to establish a felsic 
liquidjbasaltic liquid concentration ratio of '" 2: 1-3: 1; and (3) if the diffusion 
reservoirs are of limited dimension, the initial rapid transfer of alkalies ceases, 
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and the concentration gradients assumed by all elements become equal in length 
to (though possibly in the opposite direction of) that of SiOz. (See schematic 
representation of this process in Fig. 1). From these observations, Watson (1982) 
concluded that interdiffusion of all magma components is regulated by diffusion 
of the principal melt structure-controlling species, SiOz. Some melt components, 
most notably the alkalies, have lower activities (at a given concentration) in melts 
of high SiOz content, while for other components (e.g., CaO, MgO, FeO) the 
opposite is true. The response of all components can thus be viewed as an attempt 
to establish a "transient partitioning" equilibrium between the high- and low-Si 
melts, an equilibrium that persists as long as the two melts remain structurally 
distinct due to sluggish SiOz transport. To reiterate the proviso of point No.3 
above, it should be emphasized that the attainment of transient equilibrium is 
possible only when the diffusion reservoirs are limited in size, that is, finite with 
respect to transport of the fastest-moving species. 

The concept of transient equilibrium is entirely consistent with observed 
partitioning between melts of differing SiOz content that are demonstrably 
immiscible (Watson, 1976; Ryerson and Hess, 1978). A possibly significant impli
cation is that apparent diffusion gradients for most magma components may 
contain no diffusivity information at all-they may simply represent the tempo
rarily "stable" distribution of components in an activity gradient imposed by the 
slow-decaying gradient in SiOz content. This interpretation needs further sup
port before it gains wide acceptance; however, it has already been shown to be 
consistent with diffusion phenomena occurring in an imposed temperature gra
dient (Walker et aI., 1981; Walker and DeLong, 1982; Lesher and Walker, 1985; 
See discussion of Soret diffusion below). The advantage of viewing liquidjliquid 
interdiffusion in this way is that it allows simple predictions to be made regarding 
the direction and extent of diffusional exchange of components between contact
ing magmas of differing SiOz content. This may be helpful when a mathematical 
analysis of the type presented by Oishi et ai. (1982) is impractical or impossible. 

Watson and Jurewicz (1984) followed up the initial paper by Watson (1982) 
with a more narrowly-defined study at 10 kbar and ,....1250°C of interdiffusion 
processes resulting from contact of molten basalt with partially-molten granite. 
The results of this project confirmed an earlier prediction that "uphill" diffusion 
ofNa from basalt to granite would occur, and also allowed a value of ,.... 3 x 10-8 

cmz/sec to be assigned to K chemical diffusivity in molten basalt. Because of 
the complexity of the system, the charge-balancing (and possibly rate-limiting) 
species could not be identified. 

To better understand chemical diffusion between intermediate and silicic 
melts, Baker (1990) studied chemical interdiffusion between metaluminous melts 
at 1 atm and 10 kbar, and between peralkaline and peraluminous melts at 
10 kbar. As found by Watson (1982), the diffusivities of all non-alkali cations, 
even those found at only parts-per-million concentrations, are similar to, and 
appear controlled by, the diffusivity of the network formers Si and AI. Alkalies 
(Na, K, and Rb) appear to diffuse much more rapidly, however. Diffusivities are 
only moderately affected by changes in the SiOz content of the melt (Fig. 2). 
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Fig. 2. Silicon ditTusivity as a function of melt Si02 content during interditTusion at 
1300°C. Squares are mean Si ditTusivities determined by Watson (1982) during interditTu
sion of felsic and basaltic melts at 6 kbar. Circles are mean Si ditTusivities determined by 
Baker (1990) during interditTusion of dacitic and rhyolitic melts at 10 kbar. The solid lines 
are best fits to the individual data sets and the dashed line is the best fit line to the combined 
data set. The similarity of the results of the two studies at 65% Si02 suggests that 
ditTusivities are relatively independent of ditTerences in initial bulk compositions, but 
moderately dependent upon the Si02 content of the melt. 

Because chemical diffusivities are dependent upon the specific chemical potential 
gradient during diffusion, there is no a priori reason to expect similar diffusivities 
in the 10-kbar dacite/rhyolite interdiffusion experiments of Baker (1990) and the 
6-kbar felsic melt/basalt interdiffusion experiments of Watson (1982). Neverthe
less, at 65 wt% Si02 the Si diffusivities measured in the two studies (Fig. 2) differ 
by a factor of only 3 at 1300°C. (The pressure difference between the two studies 
is considered insignificant; see below.) Combining the data sets of Watson (1982) 
and Baker (1990) reveals that from 56 to 75 wt% Si02 the Si diffusivity decreases 
by only about 1.5 orders of magnitude at these pressures (Fig. 2). 

Changes in the alkali/alumina ratio of silicic melts were shown by Baker 
(1990) to result in a diffusivity minimum and an activation energy maximum at 
(Na + K)/AI '" 1 (i.e., in metaluminous melts). These results are consistent with 
viscosity measurements made on simple systems (Riebling, 1966) and suggest that 
similar mechanisms control viscosity and interdiffusion rates in silicate melts. 

Crystal Dissolution 

The dissolution of a crystalline phase into a melt or magma undersaturated in 
that phase is an obvious means of introducing chemical heterogeneity and 
consequent chemical diffusion. In recent years, several experimental studies have 
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been undertaken along this line, generally with the ultimate objective of char
acterizing crystal dissolution rates. 

Even 50 years ago, at least one perceptive geologist (Holmes, 1936) was aware 
that the interfacial region between unstable minerals and magma could be one 
of interesting chemical diffusion effects. In examining natural basic rocks contain
ing quartzose xenoliths, Holmes was able to document that the zone of glass 
separating quartz from engulfing basic lava was enriched in alkalies, particularly 
potassium. Potassium had in fact diffused "uphill" into the silica-rich melt 
immediately surrounding the dissolving quartz. The same phenomenon was 
described years later by Sato (1975), who was the first to confirm by experiment 
the occurrence of chemical diffusion effects inferred initially from examination of 
natural samples. Sato immersed 2-5 mm diameter quartz crystals in molten 
basalt (1400°C) for a period of 7 hours. Microprobe traverses on the quenched 
and sectioned samples revealed '" 200-micron compositional gradients in the 
glass against the dissolving quartz, in which Si02 content decreased monotoni
cally from the crystal/glass interface. Concentration profiles of K 20 and Na20 
mimicked the Si02 gradient, showing similar relative decreases away from the 
interface. Unlike Si02, however, the alkalies could not have come from the 
quartz-rather, they were enriched in the high-Si02 melt around the quartz by 
uphill diffusion from the basalt. 

Watson (1982) carried out quartz dissolution experiments under both static 
and dynamic conditions that confirmed and extended Sato's early results and 
served as the impetus for the two-liquid interdiffusion experiments described in 
the preceding section. The idea was to test the hypothesis that alkalies always 
migrate up a concentration gradient from a relatively Si02-poor melt (i.e., basalt, 
'" 50% Si02 ) into an Si02-rich one. When differences in temperature are taken 
into account, the quartz dissolution experiments of Sato (1975) and Watson 
(1982) are in good agreement, indicating bulk diffusivities in the range of '" to-9 

to to-10 cm2/sec at 1200 to 1300°C. (A diffusion model involving constant surface 
concentration and semi-infinite diffusion medium can be used to obtain these 
values). These diffusivities are also consistent with basaltic liquid/felsic liquid 
bulk interdiffusion constants obtained from the experiments of Watson (1982) 
and Smith (1974). As noted previously, there is good reason for regarding these 
as diffusivities of the melt structure-controlling component, Si02 • 

More detailed work on chemical diffusion processes associated with mineral 
dissolution has recently been reported by two principal research groups-that 
ofE.B. Watson and T.M. Harrison, and that of A. Chekhmir and M. Epelbaum 
at the U.S.S.R. Academy of Sciences Institute for Experimental Mineralogy. At 
Rensselaer, the authors have been concerned specifically with the dissolution 
kinetics of accessory minerals (e.g., apatite [Cas (P04h(F, CI, OH)] zircon 
[ZrSi04], sphene [CaTiSiOs], and monazite [(Ce, La, Th)P04]) in granitoid 
magmas, in particular as they might bear on inheritance of radiogenic isotopes 
by anatectic magmas forming in old continental crust. (i.e., the authors have 
considered it possible that these phases do not dissolve under natural conditions 
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Fig. 3. Schematic representation of the concentration gradient of a major component of 
a mineral that is dissolving in a melt undersaturated in that mineral. Co represents the 
concentration required for saturation. If diffusion in the melt limits the rate of dissolution, 
the concentration gradient should generally conform to an ideal error-function diffusion 
model. See text for further explanation. 

because the reaction kinetics are too slow). The approach is to surround a 
cut-and-polished, 1-2 mm diameter piece of gem-quality accessory mineral in 
finely-ground granitic obsidian contained in a small Pt capsule. When this 
assembly is subjected to high pressure and to temperatures well above the 
saturation surface of the accessory mineral, it begins to dissolve, producing 
diffusion gradients in the melt that are readily characterized in the quenched 
glasses by electron microprobe (Fig. 3). 

It was found that diffusion profiles generated in this way usually conform very 
well to an ideal model that assumes one-dimensional diffusion into a semi-infinite 
medium from a planar surface at which the diffusant concentration is held 
constant; i.e. 

(2) 

(Crank, 1975). An additional imposed condition implicit in the use ofthis model 
is that the surface from which the diffusant originates is stationary in space. 
Owing to the very low solubilities of accessory minerals in granitoid melts, this 
condition is met for all intents and purposes: The retreat of the crystal surface 
due to dissolution is minimal relative to the diffusion distance. The assumption 
of one-dimensional diffusion is valid as long as the crystaljIiquid interface is 
planar and the diffusion distance is small relative to the dimensions of the 
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interface. The concentration of diffusant at the surface has relatively little rel
evance to the diffusion measurements themselves, but is nevertheless of great 
interest because it represents the saturation level ofthat component with respect 
to the accessory mineral stability (See Harrison and Watson, 1983; 1984; Fig. 3). 

The above method is readily amenable to investigating the effects on diffusion 
of variable water content in the melt (H20 can be added to the Pt capsule in any 
amount desired), and works well as long as the temperature is sufficiently high 
to generate resolvable diffusion profiles in a laboratory time frame. Experiments 
generally cannot be done at the temperatures of interest to accessory mineral 
behavior in nature (i.e., 650 to 850°C), but Arrhenius relations that have been 
well defined at higher temperatures allow diffusivities at crustal melting condi
tions to be estimated with some confidence. 

To date, work has been completed on zircon (Harrison and Watson, 1983), 
apatite (Harrison and Watson, 1984) and monazite (Rapp and Watson, 1985), 
giving chemical diffusion information for Zr, P, Ca, and several rare earth 
elements (REE). The data, summarized in Fig. 4, cover the temperature interval 
~ 1100 to 1500°C and include dissolved water contents between 0 and 6 wt%. 
The salient features are: (1) remarkably low diffusivities and high activation 
energies for diffusion of highly-charged ions in dry granitic melts (~100 kcal/ 
mole for Zr4 +; ~ 140 kcal/mol for p5+); and (2) major reduction in activation 
energy and increase in diffusivity (below ~ 1500°C) as water content increases. 
The increase in diffusivity due to addition of water may amount to several orders 
of magnitude, depending upon temperature. It also seems clear that during 
monazite dissolution, P and the REE diffuse away from the crystal at the same 
rate, perhaps indicating a charge-balance or complexing process in the melt [as 
suggested on different grounds by Ryerson and Hess (1978)]. The behavior of P 
and Ca during apatite dissolution is quite different, inasmuch as P is far out
distanced by Ca (see Harrison and Watson, 1984). 

Mineral dissolution studies of even broader scope than the Harrison-Watson 
accessory mineral experiments were described by Chekhmir (1984). Using similar 
but independently-developed techniques Chekmir performed dissolution experi
ments on numerous minerals to obtain chemical diffusivities for most major and 
some trace elements in a variety of silicate liquids. The range of conditions and 
compositions covered by Chekhmir's experiments was sufficiently extensive to 
enable development of an empirical model for prediction of the diffusivity of 
virtually any species in any assumed conditions. No effort is made here to 
summarize these results because this is done by Chekhmir and Epelbaum else
where in this book. 

The mineral-dissolution approach to studies of chemical diffusion in magmas 
has considerable potential for illuminating mineral/melt interaction processes in 
nature and has recently been taken up by additional research groups, including 
Kuo and Kirkpatrick (1985) and C.M. Scarfe and co-workers (e.g., Brearley and 
Scarfe, 1984). The focus of both these research efforts is upon general dissolution 
kinetics of silicates, and upon the interaction between alkalic basalt magma and 
entrained, mantle-derived xenoliths and xenocrysts, respectively. 
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Fig. 4. Summary of chemical diffusion data obtained by partial dissolution of accessory 
minerals in granitic melts of variable water content. The heavy lines define the range over 
which actual data were acquired; the light lines are extrapolations. Note the extreme 
enhancement effect of even small amounts ofHzO. Sources: HW = Harrison and Watson; 
RW + Rapp and Watson. See text and Fig. 4. 

Crystal Growth 

Like crystal dissolution, growth of crystals under the appropriate conditions can 
result in chemical diffusion effects in the contacting liquid. Outside geology, this 
fact has been recognized for many years, receiving a good deal of attention during 
the 1950s from materials scientists concerned with the behavior and fabrication 
of semiconductors (e.g., Smith et al., 1955). Simply stated, diffusion gradients in 
the liquid can be expected to develop near a rapidly-growing crystal of composi
tion different from that of the host melt-incompatible elements will "pile up" 
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against the crystal and strongly compatible elements will be "drawn down" if 
diffusion in the melt cannot keep pace with crystal growth. Albarede and Bot
tinga (1972) were the first to emphasize the potential significance of crystal 
growth-induced diffusion phenomena to crystaljIiquid disequilibrium in mag
mas. These effects were documented by Grove and Raudsepp (1978) with major
element diffusion profiles generated in controlled-cooling experiments on a lunar 
basalt. Chemical gradients up to 50 microns long were observed around pyrox
enes that had been grown at cooling rates of 30, 60, and 150°Cjh (quench 
temperature '" 1000 to 1200°C). Due to the large number of system variables, 
extracting actual diffusivities from crystal-growth studies is not straightforward, 
although Powell et al. (1980) were able to calculate diffusivites ranging between 
10 -9 cm2/secfor Si and 10 -7 cm2/secfor Ca from controlled-cooling experiments 
(1150 to 1050°C) on a eucrite meteorite. 

Chemical Diffusion of Anions (0, F) and Dissolved Volatiles 
(H20,C02 ) 

The relatively few publications on chemical diffusion of magma components 
other than cations have focused mainly upon oxygen, fluorine, and the principal 
magmatic volatiles, H20 and CO2 • 

Water. Because of its important role in phase equilibria and its pronounced 
effect on melt viscosity (Shaw, 1963), diffusive transport of dissolved water has 
received by far the most attention. Shaw (1974a) made the first measurements of 
water diffusion by performing hydration experiments on 2.5 mm diameter cyl
inders of obsidian (i.e., natural glass of granitic composition). These cylinders 
were sealed in gold capsules with more than enough water for saturation of the 
obsidian melt at the elevated P-T conditions of the experiments. Conventional 
cold-seal pressure vessels were used to subject the encapsulated obsidian cyl
inders to conditions of 100-2000 bars and 750 to 850°C for durations ranging 
up to 6 days. Diffusional uptake of water was gauged by weight gain of the 
cylinders during the experiments and by weight loss upon heating the hydrated 
cylinders at atmospheric pressure. Diffusivities extracted from these experiments 
proved to be strongly dependent upon H20 concentration, ranging from'" 10-9 

cm2/sec at vanishingly small H 20 content to '" 10-7 cm2/sec at 6 wt% dissolved 
water. On the other hand, the temperature dependence was found to be small, 
with a calculated activation energy of 15 ± 5 kcaljmole. The experimental tech
nique did not allow recovery of information on the nature of the diffusing species 
or the existence of counter-diffusing components. 

Jambon (1979) performed dehydration and hydration experiments on a natu
ral obsidian to determine H 20 diffusivities at low ( < 0.4 wt%) and high (1-5 wt%) 
water concentrations, respectively. The dehydration runs consisted of simple 
heating of obsidian slabs in air at 500 to 980°C; diffusivities were computed from 
weight-loss measurements. In contrast the hydration runs were made in cold-seal 
pressure vessels (1 kbar, 800 to 900°C) and actual diffusional uptake profiles were 
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characterized by weight-loss measurements on micro-sectioned wafers. An im
portant innovation in lambon's study was the addition of obsidian powder to 
the water reservoir in the hydration experiments, which facilitated attainment of 
cationic equilibrium between the diffusion sample and the surrounding water. 
The overall results of the study reveal a 3-order-of-magnitude difference in H2 0 
diffusivity between obsidians with low and high water contents. The "water-rich" 
values resemble those of Shaw (1974a; _10- 7 cm2/sec), and the "water-poor" 
data define an Arrhenius line giving much lower diffusivities: 

Dwaler = 1.5 X 10-8 exp( -1l,250/RT) 

The activation energy for H 20 diffusion in the water-poor samples is within the 
overall range suggested by Shaw. 

In experiments very similar to those of Shaw, Delaney and Karsten (1981) and 
Karsten et ai. (1982) generated diffusional uptake gradients of water in obsidian 
that were subsequently characterized by ion-microprobe analysis of H concen
tration. This direct analysis method resulted in diffusivities qualitatively similar 
to those of Shaw: Over the range 650 to 950°C at 700 bars pressure, H2 0 
diffusivity was found to increase exponentially with increasing water concentra
tion. At constant water content of 2 wt%, the diffusivity ranged from _10-8 

cm2/sec at 650° to _10- 7 cm2/sec at 950°C, giving an activation energy of -20 
kcai/moi. 

Another study leading indirectly to information on the chemical diffusivity of 
H20 is that of Arzi (1978), who examined the melting kinetics of water-bearing 
granitic rocks. Although Arzi's estimated water diffusivities are generally similar 
to those of Shaw (1974a) and Karsten et al. (1982) at the temperatures of geologic 
interest, he inferred that H20 diffusivity is concentration-independent and gov
erned by a considerably higher activation energy, i.e., 30-40 kcaljmoi. Due to 
the indirect nature of Arzi's deductions, however, it seems appropriate to accept 
for the present the general conclusions of the other investigators. 

It was recently shown by Zhang et ai. (1989) that, although water-bearing 
silicate melts contain both hydroxyl and molecular water, the diffusivity of 
molecular water is much higher than that of OH -. Consequently, the observed 
dependence ofD"waler" upon bulk water content of a melt (Shaw, 1974a; Karsten 
et aI., 1982; lambon, 1979) may actually be due to the increasing proportion of 
molecular water relative to hydroxyl (see, for example, Stolper, 1982) as total 
dissolved water increases. 

In closing this section on water diffusion, it is interesting to note that the 
exponential dependence of Dwaler upon dissolved H20 content that was docu
mented by Shaw (1974a) and Karsten et ai. (1982) is qualitatively similar to the 
dependence of cation diffusivities (e.g., Zr4+, pH, REE3+) upon melt water 
content (Harrison and Watson, 1983; 1984; Rapp and Watson, 1985; See Fig. 3). 

Carbon dioxide. The diffusive behavior of the other magmatic volatile of 
widespread importance-carbon dioxide-has received relatively little attention 
in comparison with H20 transport. The only available information is the high
pressure study by Watson et ai. (1982), who used Na/ 4C03 to introduce trace-
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able dissolved carbonate at one end of a Pt capsule containing synthetic, iron-free 
basalt glass or sodium-calcium aluminosilicate. It should be noted that although 
this technique involved the use of a radioisotope, the experiments were neverthe
less chemical diffusion experiments, because a gradient in dissolved carbonate 
content was set up. The radiotracer was used simply to monitor chemical trans
port of carbonate, which could not be detected by more conventional techniques 
such as the electron microprobe. 

The study revealed a considerably higher activation energy for diffusion of 
dissolved carbonate than for water, the Arrhenius equation for the simple alumi
no silicate being 

Dcarbonate = 3.5 exp( - 46,600/RT) 

This relationship was shown to hold over the temperature interval 800 to 1350°C 
and to be relatively insensitive to pressure (At a given temperature, Dcarbonate 
decreases by about an order of magnitude as pressure increases from 1 bar to 
25 kbar). Although the experiments on synthetic basalt covered a much smaller 
temperature interval (1350 to 1500°C), the Arrhenius parameters appeared to be 
similar to those ofthe simple aluminosilicate. Watson et al. (1982) concluded on 
the basis of indirect reasoning that dissolved carbonate diffuses as ionic C03 2 - • 

Current work at Rensselaer includes re-examining "C02" diffusion in magmas 
with a view toward broadening the data base to other melt compositions and 
including the effect of concurrently dissolved H 20. It is already clear that water 
has a pronounced effect on CO2 diffusion, causing increases in Dcarbonate similar 
to those documented for other elements (i.e., orders of magnitude at crustal 
melting temperatures). 

Oxyen. Although several studies of oxygen tracer diffusion have been reported 
[mostly in the materials science literature; see Dunn (1982) for a summary], only 
Dunn (1983) and Wendlandt (1980) have undertaken measurements of oxygen 
chemical diffusion in geological melts. The experiments of these two workers were 
similar in that both monitored redox changes in spherical droplets of iron
bearing melts. Wendlandt used a low-pressure furnace in which the ambient 
oxygen pressure could be regulated with gas mixtures. A diffusion experiment 
was done by equilibrating a droplet with a specific atmosphere and then abruptly 
changing the oxygen fugacity. Uptake or loss of oxygen was quantified by 
monitoring the mass of the droplet through time. Dunn's spherical glass beads 
were synthesized under oxidizing conditions at low pressure, then placed in a 
graphite container in a piston-cylinder apparatus, where they could be subjected 
for pre-determined durations to simultaneous high pressure and temperature 
under relatively reducing conditions. The extent of oxygen loss by diffusion from 
the sample was determined by measuring the bulk ferrous/ferric ratio of the 
quenched droplet after the experiment. 

The experiments of Wendlandt (1980) and Dunn (1983) are in general agree
ment, giving diffusivities of 10-7 to 4 X 10-6 cm2/sec at temperatures of 1160 to 
1450°C; activation energies were generally in the 50-70 kcal/mol range. Wend
landt found a lower diffusivity and slightly higher apparent activation energy in 
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Fig. 5. Summary of experimental data on chemical diffusion of oxygen in basic to 
intermediate magmatic liquids. The 'Columbia River (CR) basalt' and 'andesite'lines are 
from Wendlandt (1980) and are based on only two data points each. All other lines 
represent results of Dunn (1983) and are based on at least three measurements each. 

molten andesite than in basalt melt. Although Dunn's melt compositions were 
all broadly basaltic, the wider range of conditions covered by his experiments 
led him to the interesting conclusion that the pressure dependence of oxygen 
diffusion (which may be positive or negative) is correlated with the stability 
regions of liquidus minerals. 

Oxygen chemical diffusion data for basaltic and andesitic melts are summar
ized in Fig. 5. 

Fluorine. Two recent studies were devoted to chemical diffusion of fluorine, 
another volatile, anionic component of considerable significance in some magma 
types (Dingwell and Scarfe, 1984; 1985). The first of these two studies focused on 
jadeite melt at elevated pressure, and incorporated diffusion-couple experiments 
in which one half of the couple was initially fluorine-free, and the other contained 
6 wt% fluorine. At pressures of 10-15 kbar and temperatures of 1200 to 1400°C, 
the diffusion process was found to be characterized by concentration-independent 
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interdiffusion of fluorine and oxygen at diffusivities ranging from- 1 to 7 X 10-7 

cm2/sec. The interdiffusion process has an activation energy of 36-39 kcal/mol 
and is insensitive to pressure. The authors made the additional important points 
that (1) fluorine diffusion is as fast as or faster than any magmatic component 
other than the alkalies; and (2) dissolved fluorine is similar to dissolved H20 in 
its strong enhancement effects on cation diffusion. (This last conclusion was based 
not upon Dingwell and Scarfe's own data, but upon experiments done by 
materials scientists.) 

The second contribution of the above authors to the data base on chemical 
diffusion of fluorine (Dingwell and Scarfe, 1985) involved I-atmosphere devolatili
zation experiments. Fluorine-enriched spheres of albite, jadeite, and peralumi
nous glass (75 wt% Si02 ) were suspended from Pt loops in an oxygen-flow 
furnace, such that at high temperature (1200 to 1400°C) the fluorine in the 
spheres exchanged with ambient oxygen. Concentration-independent F -0 inter
diffusion was again documented, and was found to increase in rate in the order 
albite < peraluminous melt < jadeite. For the range in temperature covered, all 
interdiffusivities fall between 10-7 and 10-9 cm2/sec, and activation energies 
between 29 and 43 kcal/mol. Interestingly, there was no suggestion of a reciprocal 
relationship between melt viscosity and F -0 interdiffusion rate. 

Baker and Watson (1988) investigated interdiffusion between a pantellerite 
melt containing -0.5 wt% Cl and a rhyolitic melt containing -0.5 wt% F. As 
found in the anhydrous diffusion studies, the diffusivities of all non-alkali cations 
are similar to one another at any given P and T. Once again it was deduced that, 
during interdiffusion between two melts, the diffusion of Si and Al controlled the 
diffusivities of all non-alkali cations. When compared with Zr diffusivities ob
tained by Harrison and Watson (1983) for halogen-free rhyolitic melts, the 
interdiffusion data of Baker and Watson (1988) on halogenated rhyolite indicate 
that, at 1200°C, Zr diffusion is enhanced by 2 orders of magnitude by the presence 
of small amounts of halogens. 

The Zr diffusivity measured by Baker and Watson (1988) is similar to that 
reported by Harrison and Watson for rhyolite melt containing 1 wt% H 20. The 
addition of halogens was also demonstrated to decrease the activation energy 
for Zr diffusion from 98 (Harrison and Watson, 1983) to 63 kcal/mol in a 
manner analogous to the effect of dissolved H20. 

Effect of Pressure 

Although many of the experimental studies described thus far included some 
high-pressure runs, the effect of pressure on chemical diffusion was seldom the 
principal focus of the work. Variable-pressure, tracer-diffusion experiments were 
conducted by Watson (1979; 1981), Watson and Bender (1980), Ross (1982), and 
Shimizu and Kushiro (1984), but only Fujii (1981), Kushiro (1983) and Baker 
(1990) were concerned with pressure effects on chemical diffusion. 



Chemical Diffusion in Magmas 137 

Fujii's study involved interdiffusion of Ca and Sr in albite melt diffusion 
couples at 1250 to 1450°C and 2.5-20 kbar. Although the effect of pressure on 
Ca-Sr interdifTusion was found to be negative over the entire range of pressures 
investigated, an abrupt decrease in the magnitude of the pressure dependence 
was noted at ~ 7 kbar. At 1400°C, the overall decrease in difTusivity was from 
3 x 10-7 cm2/sec at 2.5 kbar to 9 x 10-8 cm2/sec at 20 kbar. In addition to 
varying pressure, Fujii also added 4 wt% H 20 to one of his high-pressure runs 
and recorded a 6-fold increase in the rate of Ca -Sr interdiffusivity relative to the 
"dry" condition. 

Kushiro's (1983) thorough study focused on interdiffusion of network-formers, 
specifically Ge-Si and Ga - AI, in diffusion couples of jadeite-analog melt at 6-20 
kbar and 1400°C. He found not only significant pressure effects-roughly an 
order-of-magnitude increase in interdiffusion rate over a 20-kbar increase in 
pressure-but also pronounced dependence upon composition, especially in the 
Ge-Si experiments. These experiments revealed decreases in interdiffusion rate 
by as much as l00X as the composition changed from Ge- to Si-endmember 
jadeite; in the Ga-AI case, up to 50-fold decreases were recorded as composition 
varied from pure Ga endmember to pure Al endmember. The total range in 
interdiffusivities for both elements was about 10-7 to 10-9 cm2/sec. 

In their study of oxygen diffusion in jadeite and diopside melts, Shimizu and 
Kushiro (1984) demonstrated a positive correlation between oxygen diffusion 
and pressure for jadeite melts at 1400°C and a negative correlation for diopside 
melts at 1650°C.The pressure effects on oxygen diffusion are small in both cases, 
however: for jadeite melt, D increases by a factor of only 2 between 5 and 20 kbar, 
and for diopside melt D decreased by ~ 30% as pressure was increased from 10 
to 17 kbar. Apparent negative activation volumes for oxygen diffusion in jadeite 
melts were interpreted as due to local collapse of the network structure during 
diffusion. Positive activation volumes for oxygen diffusion in diopside melts were 
correlated with the molar volume of oxygen and interpreted to indicate that 
individual oxygen ions were the diffusing units. Furthermore, Shimizu and 
Kushiro (1984) demonstrated the utility of the Eyring equation in the prediction 
of oxygen diffusivities from melt viscosities (discussed in more detail below). 

Baker's (1990) study of interdiffusion between metaluminous dacitic and 
rhyolitic melts at 1 atm and 10 kbar also demonstrated a positive correlation 
between pressure and diffusion. The effect of pressure is small, however-only a 
factor of 4 at 1300°C. The negative activation volume, -17.6 cm3 at 1300°, was 
attributed to volume changes occurring in the melts during diffusion. Baker 
(1990) suggested that these negative activation volumes were the result of tran
sient increases in the coordination (from 4 to 5, or possibly 6) of Si or Al cations 
during diffusion. This increase in coordination formed very short-lived (nano
seconds?) activated complexes whose creation and destruction could result in the 
exchange ofSi and Al cations. Baker supported his conclusions with comparisons 
of the molar volume change during the reactions 1/2 nepheline + 1/2 albite = 
jadeite (-16.9 cm3/mol) and coesite = stishovite ( -12.5 cm3/mol). Baker also 
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found additional support for his mechanism in molecular dynamics simulations 
of silicate melts and in nuclear magnetic resonance studies of silicate melts and 
glasses. 

Diffusion in a Temperature Gradient 

A final category of chemical diffusion experiment whose importance is just 
beginning to be appreciated is that of diffusion in a temperature gradient. 
Referred to as "thermal" or "Soret" diffusion, this transport process involves 
chemical fractionation of an initially homogeneous melt reservoir that is subject 
to a static temperature gradient. Illumination of Soret effects in magmas has 
recently been accomplished by D. Walker and C. Lesher (Walker et aI., 1981; 
Walker and Delong, 1982; Lesher and Walker, 1985), who have examined melts 
ranging in composition from lunar and mid-ocean ridge basalt to andesite, 
rhyolite, and simple 4-component liquids in the leucite-fayalite-silica system. 

The numerous experiments performed by the Walker/Lesher group have 
some general characteristics in common. First, they are all similar in design: Each 
experiment employed a tubular capsule (molybdenum or graphite) of 1-2 mm 
I.D. and several mm length, into which was loaded the homogeneous glass 
powder of interest. The capsule was placed vertically in a standard 1/2-inch 
piston-cylinder assembly, with the upper end positioned at the hot spot of the 
graphite heater, subject to temperatures of 1500 to 1800°C. The lower end, well 
below the hot spot, was cooler by 200 to 300°C. 

The Soret experiments are also similar in the general nature of the results: 
Invariably, once a steady state is achieved (which requires '" 1 week at run 
conditions), the hot end of the originally-homogeneous melt is substantially 
enriched over the "cold" end in Si02 , Na20, and K20 and depleted in CaO, 
FeO, MgO, Cr20 3 , MnO, and Ti02 • Only Al20 3 is ambivalent, showing in 
different melts both enrichment and depletion at the hot end, and sometimes no 
clear preference (See examples in Fig. 6). 

Extraction of component diffusivities from experiments of the type just dlO
scribed is not straightforward, although Lesher and Walker (1985) obtained 
values for SiOz that make sense in the context of earlier results from more 
conventional experiments [e.g., those of Watson (1982) and of Powell et ai. 
(1980)]. Like Watson, Lesher and Walker conclude that transport of most other 
oxide components is linked to and controlled by diffusion of Si02 • 

The Soret diffusion experiments are intriguing in their own right, and may 
have significant implications regarding element fractionation under natural mag
matic conditions (See Walker et ai. 1981; Walker and DeLong, 1982). How
ever, the greatest (and certainly the unique) significance of the experiments 
lies in their ability to provide basic thermodynamic information on molten 
silicates. 
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Calculation of DifIusivities 

Ability to calculate chemical diffusivities from first principles would avoid the 
necessity of making diffusion measurements on every composition of geological 
interest. Transition state theory (TST) was demonstrated by Baker (1990) to show 
some promise of directly achieving this goal for interdiffusion of silicate melts. 
The relative insensitivity of alkali diffusion to melt composition (Smith, 1974) 
makes these elements particularly good candidates for application of TST to 
compute diffusivities. For non-alkalies, detailed structural and thermodynamic 
data for the melts are required in order to use TST to compute diffusivities 
accurately. Unfortunately, such data are generally unavailable at this time. 
However, TST can also yield diffusivities indirectly from melt viscosities through 
the Eyring equation: 

(3) 

where kB is Boltzmann's constant, T is temperature in Kelvin, A is the jump 
distance for the diffusing species during each diffusive step, and 11 is the melt 
viscosity. This equation was shown to hold for oxygen diffusion over a range of 
pressures for a variety of melt compositions (Shimizu and Kushiro, 1984). Addi
tionally, Baker (1990) demonstrated good inverse relationships between viscosity 
and Si diffusivity in melts containing 65 wt% and 70 wt% Si02 during the 
interdiffusion of dacitic and rhyolitic melts at 1 atm. The inverse relationship be
tween high-pressure diffusivities and viscosities was not as good, however, prob
ably owing to the little-known effects of pressure on melt viscosities for dacitic 
to rhyolitic compositions (cf. Scarfe et aI., 1987). 

Figure 7 shows Si diffusivities measured during interdiffusion experiments on 
different compositions together with diffusivities calculated from the Eyring 
equation. These diffusivities include 1-atm measurements on anhydrous dacite
rhyolite (Baker, 1990), measurements on hydrous versions of the same composi
tions at 10 kbar and on hydrous rhyolites at 2 kbar (preliminary data by Baker), 
and a value from Watson's (1982) felsic meltjbasalt interdiffusion study. The 
viscosities necessary for diffusivity calculations were computed using the method 
of Shaw (1972) for all melts except the high-pressure basalt, whose viscosity was 
estimated by comparison with experimental measurements on another basalt 
(Scarfe et aI., 1987). 

The relationship between measured and calculated diffusivities is remarkably 
good. Over the range of 10-11 to 10-7 cm2jsec the Eyring equation can predict 
to within a factor of 3 the measured diffusivities of non-alkalies during interdiffu
sion. (As discussed above these diffusivities are interpreted to be the inter
diffusivity of the network formers, Si and AI.) 

Thus, the combination of Shaw's (1972) method for the calculation of melt 
viscosities and the Eyring equation provide a powerful tool for assessing the rates 
of diffusive interaction between juxtaposed melts of differing composition. 
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Fig. 7. Diffusivity calculated by the Eyring equation plotted against measured diffusivities 
from various interdiffusion studies. Open symbols are measurements on anhydrous com
positions: Diamonds-Si diffusivity at 60% Si02 (Watson, 1982); open circles-Si diffusiv
ity at 65% Si02 (Baker, 1990); open stars-Si diffusivity at 70% Si02 (Baker, 1990);filled 
stars-AI diffusivity during interdiffusion of two rhyolites (D.R. Baker, in prep.); filled 
circles-Si diffusivities at 65 and 70% Si02 during interdiffusion of dacitic and rhyolitic 
melts containing 6% H 20 at 10 kbar (D.R. Baker, in prep.); and filled squares-like filled 
circles but containing only 3% H 20. 

Major Areas of Geological Application 

Although the nature of the experimental studies described in the preceding 
section gives some clues as to the intended applications of the results, some 
further elaboration seems appropriate. Generally speaking, igneous petrologists 
and geochemists wish to model or interpret the chemical dynamics of magmas; 
experimental data on diffusion constitute invaluable input for such models. 
Naturally, it must always be borne in mind that magmas are often physically 
dynamic systems, so that under some circumstances mechanical transport effects 
may predominate over diffusion. Nevertheless, there are many instances in which 
diffusion effects are clearly important, even if they rarely operate alone. 

Magma Mixing and Contamination 

Field and petrographic observations have documented numerous instances of 
interaction between two separately-generated magmas or between magmas and 
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contacting solid materials. For summaries of references on this subject, the 
reader is referred to Reid et al. (1983), Gerlach and Grove (1982), Watson 
(1982), Dungan and Rhodes (1978), and Yoder (1973). 

Some of the situations described by these authors involve interaction between 
two basic, low-viscosity magmas; under these circumstances, it is likely that 
diffusive processes are relatively unimportant, being overwhelmed by mechanical 
stirring effects. [A notable exception here may be instances in which a system of 
double-diffusive convection is established. See Turner (1973) for discussion.] The 
situation of contacting silicic and basic melts is, however, quite different-not 
only are there marked chemical contrasts to "drive" chemical diffusion, but also 
substantial differences in viscosity that may serve to restrict mechanical mixing. 
It is here that interdiffusion processes may be most significant. 

In applying interdiffusion data acquired in the laboratory it must be rec
ognized that the extent to which the composition of a magma is modified by 
contact with other molten materials will be highly dependent upon the physical 
circumstances or geometry of "exposure," simply because the latter determines 
the surface area across which diffusive transport can occur. For this reason, it 
seems unlikely that any specific case of magma mixing or contamination will be 
understandable in terms of a unique model of diffusional interaction. What is 
possible, however, is to show, by illustrative calculation, what mixing by diffusion 
can and cannot do. 

Watson (1982) used interdiffusion data from his basalt/felsic melt diffusion 
couples to examine hypothetical contamination of basaltic magma by partially
molten felsic crustal xenoliths. The rate of bulk assimilation was assumed to be 
governed by the relatively slow diffusion of Si02 • The experiments had clearly 
revealed, however, that much more rapid, selective transfer (i.e., non-linear diffu
sion) of alkalies was to be expected under some conditions, and the efficacy of 
this process could be assessed in relation to the bulk mixing rate. Watson 
concluded that contamination of basaltic magma by interaction with crustal 
materials is more likely for potassium than for any other element (Fig. 8). Less 
pronounced selective effects should be anticipated for other elements and isotopic 
systems. It must be recognized, of course, that if the interdiffusion process goes 
to completion with respect to all components, the end result will be no different 
from that achieved by any other mixing process. 

Dissolution Rates of Crystals under Natural Melting Conditions 

Chemical diffusion data acquired in the type of study done by Harrison and 
Watson (1983; 1984), Chekhmir (1984), Rapp and Watson (1985), Kuo and 
Kirkpatrick (1985), and Brearley and Scarfe (1984) are useful for many purposes, 
but the most direct application is to problems involving dissolution rates of 
natural crystals in contacting magmatic liquid. It is implicitly assumed in this 
application that the dissolution process is rate-limited by diffusion in the melt, 
not by crystal/liquid interface kinetics. This assumption has been justified by 
Harrison and Watson, at least over the range of experimental conditions, on the 
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Fig. 8. Model contamination effects for K 20, rare earths, and Si02 resulting from 
diffusive interaction of basaltic magma (initially 50 wt% Si02 and 0.1% K 20) with 
partially-molten felsic xenoliths. For the model calculations, the mass ratio of basalt to 
xenoliths was assumed to be 9: 1 and the xenoliths were assigned an initial radius of 50 
cm. The main point of the diagram is to illustrate the kind of selective contamination 
possibly resulting from incomplete diffusive mixing. Diagram is simplified from Watson 
(1982). 

grounds that diffusion gradients against dissolving accessory minerals usually 
conform very well to ideal diffusion models-a situation that could not generally 
obtain if interface kinetics were regulating the "release" of diffusant at the crystal 
surface. 

Harrison and Watson (1983; 1984) applied their data to the general problem 
of inherited radiogenic isotopes in accessory phases of crustal granitoids. The 
documented presence of inherited radiogenic Pb in some zircons (e.g., Williams, 
1978; Compston and Williams, 1982), for example, raises the question "Do 
zircons survive crustal fusion because they are insoluble in the melt even at peak 
melting conditions, or do they survive because their dissolution kinetics are very 
slow?" Based on their experimental diffusion data, Harrison and Watson con
cluded that unless an anatectic melt is quite poor in dissolved H 20 «2 wt%) 
and diffusivities in the melt consequently low, the dissolution times for zircons 
(and for apatites) in crustal melting conditions are effectively instantaneous in a 
geological time frame. (This conclusion applies to striCtly diffusion-controlled 
dissolution; mechanical stirring of the system would result in even shorter dis-
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solution times). Thus, it can be concluded that accessory minerals survive crustal 
fusion simply because the host melts are saturated in them. This conclusion is 
important because it means that laboratory measurements of accessory mineral 
solubilities can be applied to the problem of residual accessory phases without 
much concern over major-element disequilibrium effects. 

Although the experimental systems are very different, the motivation for the 
dissolution-rate studies at the University of Alberta (e.g., Brearley and Scarfe, 
1984) is similar to that of Harrison and Watson. These workers sought to 
characterize the rates of olivine, pyroxene, spinel, and garnet dissolution during 
the ascent of deep-seated mafic magmas. Results to date indicate somewhat 
higher dissolution rates for olivine than for pyroxene, although both are suffi
ciently fast that unstable, mm-sized crystals would easily dissolve during ascent 
from the upper mantle. (30 and 60 minutes are required for complete dissolution 
of I-mm olivines and pyroxenes, respectively). 

Disequilibrium Effects Associated with Growth of Crystals 

Trace elements. Albarede and Bottinga (1972) brought to the attention of geo
chemists the fact that diffusion in the melt can be a limiting factor in the 
attainment of crystaljliquid equilibrium with respect to trace elements. Simply 
stated, any element that is highly incompatible in a growing crystal and has a 
low diffusivity in the melt will tend to "pile up" ahead of a rapidly-advancing 
crystal surface. Because the equilibrium partition coefficient is maintained at the 
crystaljliquid interface, this "snow-plow" effect in the melt will cause the con
centration of the incompatible element to rise in the crystal as well. The net result, 
then, could be a bulk crystaljliquid distribution of the trace element that bears 
little resemblance to an equilibrium partition coefficient. Although confirmation 
of the predicted trace-element enrichment against rapidly grown crystals is 
inherently difficult, Lindstrom et aI. (1979) succeeded in showing indirectly 
that rare earth elements REE "pile up" against olivines grown at cooling rates 
of ~ 4OO°Cjhour. 

The mathematics of this sort of disequilibrium process were addressed some 
time ago (e.g., Smith et aI., 1955), so it is possible, in principle, to assess the 
likelihood of disequilibrium for any hypothetical situation, the necessary input 
being the growth rate of the crystal and the diffusivity (in the melt) of the trace 
element of interest. (The equilibrium crystaljliquid partition coefficient is needed 
as well, but the calculations are not sensitive to changes in this parameter as long 
as it has a very low value). At present, the real limitation to routine analysis of 
this type lies not in the availability of diffusion data but in the lack of information 
on crystal growth rates in natural systems. 

Major elements. The considerations discussed above in reference to trace 
elements also apply to major components of magmas. If, for example, major 
component X is strongly concentrated in a particular mineral and diffuses slowly 
in the melt, then rapid growth of the mineral may cause depletion of X from the 
immediately-surrounding melt. Unlike the trace-element example, however, this 
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situation is characterized by an automatic feedback mechanism: Depletion of 
component X in the melt due to rapid crystal growth is likely to slow or halt 
growth of the crystal, or to cause the crystal to change composition. This kind 
of behavior is thought to be responsible for oscillatory zoning in plagioclase 
feldspar (e.g., Bottinga et al., 1966; Sibley et al., 1976; Allegre et ai., 1981; 
Loomis, 1982). 

Major-element disequilibrium resulting from the interplay between crystal 
growth and diffusion in the melt has also been invoked to explain much larger
scale magmatic heterogeneities. McBirney and Noyes (1979), for example, attri
buted certain layering phenomena in basic intrusions to a crystallization/diffu
sion process like that noted above in reference to plagioclase feldspars. Several 
authors (McBirney, 1980; Chen and Turner, 1980; Turner and Gustafson, 1981) 
have made the interesting suggestion that compositional boundary layers devel
oping ahead of solidification fronts in magma chambers may become gravita
tionally unstable due to depletion of heavy components (see Spera et aI., 1984). 
Consequent detachment and buoyant rise ofthese liquids may be responsible for 
large-scale vertical stratification of magma chambers, possibly like that docu
mented so thoroughly by Hildreth (1979). 

Local saturation phenomena. An additional consequence of the simultaneous 
occurrence of rapid crystal growth and slow diffusion in the melt may be local 
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Fig. 9. Results of model calculations on 'pileup' of phosphorus in advance of a feldspar 
crystal surface (at left) growing at 10-9 em/sec. The initial P20S concentration in the melt 
was assumed to be 0.1 wt% and the temperature 1000°C; the appropriate phosphorus 
diffusivity was taken from Harrison and Watson (1984). The level of P20 S required for 
apatite saturation (0.17%) is reached after ~ 7 years of sustained growth; at this point, 
local precipitation of small apatite crystals will occur at the interface, and these will be 
included in the growing feldspar. See text and Harrison and Watson (1984) for details. 
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precipitation, against the advancing crystal surface, of a mineral whose stability
limiting component piles up due to sluggish transport away from the growing 
phase. This phenomenon was first proposed by Green and Watson (1982) to 
explain the common presence of tiny apatite inclusions in plagioclase pheno
crysts of magmas clearly undersaturated in apatite. Since that time, Harrison and 
Watson (1984) obtained the phosphorus diffusion data necessary to rigorously 
model the local saturation process using assumed host-crystal (e.g., feldspar) 
growth rates. Because phosphorus diffusion is very slow in silicic melts, it is not 
necessary to call upon extremely rapid feldspar growth to cause sufficient phos
phorus enrichment at the feldspar/melt interface for local precipitation of apatite 
(Fig. 9). 

Diffusivities of most components, especially those diffusing as highly-charged 
ions, are slower in intermediate-to-silicic melts than in basic ones, so it seems 
likely that occurrence oflocal saturation phenomena will be largely restricted to 
more-evolved magma types. A possible exception to this generalization may be 
the inclusion of small chromite crystals in olivines of basic volcanics. D.M. 
Francis (personal communication, 1984) has noted instances in which chromite 
appears as inclusions in magnesian olivine, apparently having been incorporated 
at conditions inappropriate for bulk saturation of the magma in chromite. 

MagmajV olatile Interactions 

The diffusivity information pertaining specifically to the principal magmatic 
volatiles, H20 and CO2 , has important applications in the area of magma 
dynamics. Shaw (1974b) used his diffusion data for H 20 to constrain some 
general models of convection and wall-rock interaction in granitic magma cham
bers. Sparks (1978), on the other hand, used the same data as input for calcula
tions of the growth rates of H2 0 vapor bubbles in ascending and erupting 
magmas. The same application was discussed less thoroughly by Watson et al. 
(1982) with regard to their diffusivity information on dissolved carbonate. In 
addition, these latter authors noted that because dissolved H20 and CO2 diffusi
vities are quite different, the possibility of diffusional fractionation of the two 
gases during bubble growth (and during other diffusion-controlled processes) 
must be recognized. 

Thermodynamics of Molten Silicates 

Lesher and Walker (1985) have recently shown that one of the principal benefits 
of studies specifically of Soret diffusion is basic thermodynamic data for silicate 
solutions. Although the idea of extracting information pertaining to homoge
neous equilibrium from experiments involving kinetic processes may seem odd 
at first glance, it should be borne in mind that the "end result" of a Soret diffusion 
experiment is an array of composition gradients that is stable in the imposed 
temperature gradient. The existence ofthese gradients in fact reflects the relative 
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changes in component free energies across the non-uniformly heated sample. 
Lesher and Walker were able to compute from their experiments not only heats of 
transport for Si02 (i.e., enthalpy changes associated with moving Si02 from one 
'environment' to another) but also the interaction (Margules) parameters for 
binary asymmetric regular solution models that give good fits to their data. The 
computed interaction parameters compare favorably with those calculable from 
calorimetric and phase equilibrium studies. Thus it seems clear that thermal dif
fusion experiments hold considerable promise to shed light not only upon kinetic 
processes in magmas, but also upon silicate melt thermodynamics. 

Future Directions of Research 

The existing experimental data base on diffusion is generally good enough to 
provide, if not directly then certainly by extrapolation or interpolation, order
of-magnitude estimates of diffusivities for most magma components under most 
conditions realizable in nature. The effects of such magmatic variables as pressure 
and dissolved water content are now sufficiently well studied that an evaluation 
of their probable importance to diffusion can be made for any given situation. 
Needless to say, however, there remain significant gaps in our knowledge. The 
specific areas in need of additional data are to some extent a matter of opinion, 
but the following questions immediately come to mind: 

1. What are the effects of dissolved volatiles other than H20 (e.g., CO2 , F, CI) 
on diffusion of other magma components? 

2. Can the process of interdiffusion of two liquids be generally viewed in the 
simplistic terms proposed by Watson (1982)? 

3. How prevalent is the kind of complexing implied by the coincident diffusivities 
of P and REE during monazite dissolution? 

4. Is diffusion always the rate-limiting step in crystal dissolution? 

These and related specific questions will probably be addressed soon enough 
by experimentalists. Even when the answers have been found, however, the topic 
of chemical diffusion in magmas will by no means be exhausted. The diversity 
and heterogeneity of solidified magmas attest very well to the need for applying 
diffusion data to problems of igneous petrogenesis, with the ultimate goal of 
understanding the relative contributions of chemical, mechanical, and thermal 
transport processes in magmatic systems. 
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Chapter 5 
The Role of High Field Strength Cations 
in Silicate Melts 

Paul C. Hess 

Introduction 

Early models of melt structure focused almost exclusively on the role of the 
polymerized alumino silicate tetrahedral framework. Solubility relations, trace 
element partitioning patterns, redox equilibria and the occurrence of liquid 
immiscibility among other properties were explained in the following way. A 
highly polymerized melt is a relatively inflexible structure with few non-bridging 
oxygen. High field strength cations cannot substitute into the tetrahedrally 
coordinated structure (TO), and have difficulty in achieving coordination poly
hedra of oxygen within the network. This difficulty limits the solubility of the 
cations whose addition leads eventually to crystallization or to silicate liquid 
immiscibility. 

This simple model has had some success in rationalizing the myriad of phase, 
thermodynamic and physical properties of silicate melts. Nevertheless, the model 
is too narrowly focused and may lead to conclusions that are misleading or even 
incorrect. For example, some workers have argued that highly polymerized 
silicate melts contain few "sites" to accommodate non-tetrahedrally coordinated 
cations. This view, however, is incorrect. There are no "sites" of fixed geometry in 
silicate melts. There are no "free" oxygens available to provide coordination 
polyhedra to added cations. When a metal oxide is added to a silicate melt, the 
cation contributes new oxygen and must compete with the other cations for the 
oxygen already in the melt. These added cations must create their own sites in 
the melt and, in the process, must compete with other cations for the oxygen (or 
other anions). All oxygens are apportioned in such a way as to minimize the free 
energy of the melt while simultaneously satisfying the bonding requirements of 
all cations. Nevertheless, the structure of the silicate melt does strongly influence 
the solution properties of non-tetrahedrally coordinated species. The control, 
however, cannot be viewed as crystallographic where positions of fixed size and 
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geometry act as filters for large and small cations. The control involves both 
steric and energetic effects. 

This perspective is best illustrated with a simple example. A pure Si02 melt 
has no non-bridging bonds and no "sites" for non-framework cations. Yet, a 
complete liquid solution exists within the system BaSi03-Si02 at 1700°C (Levin 
et aI., 1964). Obviously, "sites" for Ba were created in the SiOSi framework. In 
contrast, a large field of liquid immiscibility occurs in the CaSi03-Si02 system 
at the same temperature (Tewhey and Hess, 1979). In fact, the liquid becomes 
unstable with the addition of only 2% CaO to liquid silica. The same base liquid 
accepts an unlimited amount of BaSi03 , yet is inhospitable to even small quanti
ties of CaSi03. Arguing that "sites" were available for Ba +2 but not for Ca2 
is clearly nonsense. It is the energetics of the "site" -creating reaction that de
termines the solution behavior of a cation in a silicate melt. It is the competition 
between cations for oxygen (or other anions) that determine both the long- and 
short-range structures of silicate melts. 

It is convenient, as well as dictated by necessity, to limit the discussion of 
silicate melt structure to questions of short-range order. Limitation is done most 
simply by organizing cation-oxygen bonds into three classes. The backbone of 
most silicate melts is the bond formed between cations tetrahedrally coordinated 
by oxygen. These TOT linkages are the most abundant and are some of the 
strongest bonds in silicate melts. The most common T cations include Si +4, Al +3 
and Fe+3 which, along with their associated charge balancing cations for the 
A104 and Fe+30 4 tetrahedra, comprise a highly polymerized TOT structure 
that largely determines many of the physical and thermodynamic properties of 
silicate melts. For example, two thirds or more of the oxygen atoms in anhydrous 
melts of basalt to rhyolite composition coordinate with two T cations. 

The remaining cations in the silicate melt are divided into two groups. Cations 
that disrupt and significantly weaken the TO structure are network-modifying 
cations and the bonds formed are identified by the shorthand MOT ifM is either 
mono- or divalent and by FOT if the charge of the network-modifying cation is 
+ 3 or more. These oxygen are called non-bridging. The most common network
modifying cations are mono- and divalent cations, and more highly charged 
cations typically coordinated to 6 or more oxygen. The coordination numbers 
of network-modifying cations are ill-defined, however. The small amount of data 
that exist indicate that average coordination numbers for monovalent and diva
lent cations range in simple silicate glass from 4 to 6 (Navrotsky et aI., 1985). 
However, a cation in tetrahedral coordination does not necessarily become a 
T-type cation. For example, Yin et aI. (1983) conclude that Mg in MgSi03 glass 
has approximately 4.1 oxygen nearest neighbors at 2.08A (with perhaps 2 more 
distant oxygen at 2.50A also contributing to the coordination). Such large 
tetrahedra are unlikely to copolymerize efficiently with Si04 (Si-O = 1.62A) or 
AI04 (AI-O = l.72A) tetrahedra. The large two-liquid field in the MgO-Si02 

system (e.g., Hess, 1977) is clear testimony to the difficulty of mixing Mg04 and 
Si04 tetrahedra. Moreover, the long Mg-O bonds coupled with their low 
Pauling bond strengths definitely distinguish Mg04 species from T04 tetrahedra. 
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The substitution of Mg or other similarly coordinated network-modifying ca
tions for T-type cations acts to depolymerize the melt and radically alter its 
physico-chemical properties. Thus, a network-modifying cation is identified by 
its relatively weak MO bonds and not necessarily by its coordination. A cation 
with a Pauling bond strength ofless than! should not behave as aT-type cation, 
even if its coordination is tetrahedral. 

The principal network-modifying cations are monovalent and divalent ca
tions not already utilized as charge-balancing cations for T3+04 tetrahedra or 
those that coordinate oxygen with other highly charged cations (see later). In 
natural anhydrous silicate melts, the great majority of all MOT bonds are formed 
with Mg+2, Fe+2 and Ca2+, as most of the monovalent cations are tied up with 
T3+04 tetrahedra (e.g., see Hess and Wood, 1982). The number of non-bridging 
bonds with M+ cations in peraluminous and metaluminous melts are few and 
exist through the requirements of statistical thermodynamics. Only peralkaline 
melts (K + Na > AI) contain appreciable numbers ofM+ 10T bonds. 

Cations of high charge and field strength have additional coordination possi
bilities. These cations have a strong affinity for oxygen and may outcompete 
T-cations for the available oxygen atoms. This competition between T-cations 
and the high field strength cations, here designated as F -cations, is given by two 
homogeneous equilibria: 

TOT + FOF = 2FOT 

2MOT + FOF = 2FOM + TOT 

(1) 

(2) 

(A third reaction, MOT + FOF = FOT + FOM, is not a new equilibrium, 
but is just a linear combination of (1) and (2)). The solution characteristics of 
F-cations are rich in complexity. Relatively "weak" F cations become network
modifying species and form FOT bonds much like monovalent and divalent M 
cations (see equation (1)). These cations tend to coordinate with six or more 
oxygens in crystals and some of these oxygen may be bridging. As the F cation 
enters the TO structure, it will perturb the bridging oxygen and generally weaken 
the TOT framework. Thus, F -type cations are not as stable in highly polymerized 
liquids as are the low field strength cations. Many F cations, however, form 
complexes outside the TO structure. Three generalized F-type complexes occur 
in silicate melts. (1) F cations may polymerize to form FOF structures that coexist 
in homogeneous equilibrium with the TOT structure. An example of this occurs 
in the Ti02-Si02 system, where macroscopic as well as microscopic segregation 
has occurred in the form of a large two-liquid field between Si02-rich and 
TiOrrich liquids (e.g., see Hess, 1977). (2) F cations may also copolymerize (or 
complex) with other F cations. For example, Ryerson and Hess (1978) showed 
that PO (REE) (REE = rare earth element; P = phosphorus) were stabilized in 
ferrobasaltic magma. (3) F cations may strip network-modifying cations from 
the TO structure (see equation (2)) and form FOM complexes. Complexes such 
as ZrOK, TiOK, and Sn4 +OK are very stable in peralkaline melts (Watson, 1979; 
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Dickinson and Hess, 1985; Naski and Hess, 1985; Gwinn and Hess, 1989). Note 
that the existence of one type of F complex in a silicate melt doesn't preclude the 
existence of other types of complexes. In fact, thermodynamic laws demand that 
all possible F-type bonds coexist in homogeneous equilibrium. The abundance 
of some of these species, however, may be very small and virtually undetectable 
by spectroscopic means. 

This paper is primarily concerned with the solution properties of cations of 
charge + 3 or greater. After discussing the role of Si4 +, the rest of the paper is 
organized according to the Periodic Table, so that cations of similar valence 
states can be compared. The sections include a summary of the properties of 
Group 3, Group 4, Group 5 and Group 6 elements. Because of space constraints 
and the paucity of data, only brief mention will be made of some elements, and 
others are not mentioned at all. 

Silicon 

The basic structural unit of silicate melts is the Si04 tetrahedron*, which, by 
sharing oxygen with neighboring T04 tetrahedra, gives rise to the great diversity 
and complexity of TO liquid structure. The real question concerns the nature of 
Si environments. Is the liquid structure that of a "random network" or more like 
that of a crystal? Again, the question is addressed only by considering the 
immediate local environments around Si. There are five possible local environ
ments, or Q4, Q3, Q2, Ql and QO where Qn identifies a Si04 tetrahedron with n 
SiOSi bridging oxygen (DeJong et at, 1981). Crystalline silicates tend to be 
monodisperse, that is, they usually contain only one Q species. For instance, a 
tectosilicate contains exclusively Q4 groups, sheet silicates Q3, and pyroxene Q2 
groups. Amphiboles, however, contain Q3 and Q2 groups. The Q population in 
silicate melts is likely to be more diverse. 

Although the ratio of bridging to non-bridging oxygen is fixed by the composi
tion of most glasses (assuming that all cations are network -modifiers or network
formers), the distribution of non-bridging oxygen on Si04 tetrahedra will vary 
according to the nature of the network-modifying cation. Randomly distributed 
network-modifying cations will produce a broad Q population, although the Q 
values are peaked around some most probable distribution (Lacy, 1965). A more 
crystal-like liquid structure will be characterized by a narrow Q population that 
is determined by the stochiometry of the glass, e.g., a glass of MSi03 contains 

* 29Si NMR spectra of Na20· 2Si02 glasses containing more than 38 mol % P20S show a major 
peak at - 213 ppm, very similar to the peak observed for six coordinated silicon in SiP20 7 (Dupree 
et ai., 1988). The above is the only occurrence of six coordinated Si in glasses obtained at one 
atmosphere. Room temperature glasses ofSi02 and CaMgSi20 6 composition that were compressed 
to pressures from 200 to 400 kb are believed to contain four and six coordinated Si (Williams and 
Jeanloz, 1988). 
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primarily QZ groups, whereas a glass between MSi03 and MzSizOs composi
tions contains mainly QZ and Q3 groups. 

Raman, infrared, NMR, and X-ray emission spectroscopy can be applied to 
discriminate between the two extreme models. Although such information is 
invaluable, the description of silicate glass structure in terms of a Q population 
is less determinant than needed to describe the more-extended silicate structure 
including the identification of chain, ring, sheet and network polymers. The latter 
information is not attainable at present. A brief review of the limited under
standing of the Q structure of silicate glass is given below. 

Although there is a striking similarity between crystal and glass Raman 
spectra, the bands in the glass spectra are broader, some are shifted in frequency 
and some are of peculiar shape (Brawer and White, 1975). Most importantly, 
there are peaks or shoulders in the glass spectra that have no parallel in the 
crystal spectra (Brawer and White, 1975; Virgo et ai., 1979; Matson et aI., 1983; 
McMillan, 1984). The extra peaks and shoulders probably correspond to the 
Si-O stretching vibrations from different Q groups in the liquid. 

The glasses definitely are not crystal-like in their Q distribution. It is very 
difficult, however, to calculate Q abundances from the intensities of the Raman 
bands. Besides problems of deconvolution, the intensities of Raman bands de
pend on the molecular polarizabilities of the vibrating species, which are difficult 
to calibrate and quantify (McMillan and Hoffmeister, 1988). 

With the advent of z9Si magic-angle NMR spectroscopy, it may be possible to 
determine the types and concentrations of the various Q groups in simple silicate 
glasses (Oldfield and Kirkpatrick, 1985). The results to date hold great promise, 
but unfortunately have a number of uncertainties that need to be resolved. For 
example, Dupree et al. (1984) concluded that NazO' 2SiOz and NazO· SiOz 
glasses contain only Q3 and QZ species respectively, whereas glasses of inter
mediate composition contain both QZ and Q3 species. In contrast, Schramm et 
ai. (1984) used five Gaussians, one for each Q species, to deconvolute the MAS 
NMR spectra of LizO-SiOz glass. They found that a distribution ofQ4, Q3 and 
QZ species characterized glasses with 17% to 40% LizO. For example, the Q 
population for glass with 33% LizO was estimated at 22% QZ, 57% Q3 and 15% 
Q4 with uncertainties of about 30%. A crystal-like glass would contain 100% 
Q3, whereas a random distribution calculated after Lacy (1965) would contain 
about 40% Q3. 

The most definitive work to date utilizes static NMR spectra, relying on 
differences in the chemical shift anisotropy rather than on the isotropic chemical 
shift (Stebbins, 1988; Brandriss and Stebbins, 1988; Schneider et ai., 1987). The 
z9Si spectra of LizSizOs and NazSizOs glasses have well-resolved Q4 and Q3 
peaks, and from mass balance considerations, a QZ (and, perhaps Ql and QO) 
peak is inferred. The Q4 abundance for the LizSizOs glass (11.5%) compares 
reasonably well with the estimates of Schramm et ai. (1984). 

These results support the conclusions obtained from vibrational spectroscopy 
that glasses have a broader Q distribution than is indicated by the stoichiometry 
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of the glass. The distributions are not as broad as calculated for a random 
distribution of non-bridging oxygen, however. In general, the higher the field 
strength of the network-modifying monovalent or divalent cation, the broader 
the distribution. It is incorrect, however, to associate a broader Q distribution 
with increased randomness. High field strength cations are locally concentrated 
rather than dispersed within the silicate melts. This effect leads to segregation of 
network-modifying cations from network-forming cations and eventually to the 
onset of liquid-liquid phase separation (Hess, 1971). Dejong and Brown (1980) 
and Dejong et al. (1981) predicted that the tendency towards a bimodal Q 
distribution was greatest in systems with network-modifying cations located at 
the beginning of the series Mg > Ca > Sr > Ba > Li > Na > K > Rb > Cs. 
The limited data so far gathered seem to support these ideas. Melts in the 
beginning of the series show the greatest deviation from ideality and the greatest 
tendency to undergo silicate liquid immiscibility (Hess, 1977). The onset of silicate 
liquid immiscibility is the most obvious expression of ordering within a silicate 
melt, and thus is an expression of preference for specific Q distributions. 

The Q distribution determined by spectroscopy typically reflects the 
quenched-in structures of silicate liquids at the glass transition. Since the glass 
transition temperature is roughly t to i of the melting temperature (see Richet 
and Bottinga, 1986), extrapolations of several hundreds of degrees are required 
to determine the structure of the melt at the liquidus temperatures. Brandriss 
and Stebbins (1988) have shown that the homogeneous equilibrium 

2Q3~ Q2 + Q4 (3) 

of a Na2Si20 s glass gets displaced slightly to the right if the glass transition 
temperatures are increased by as little as 80°C. Given this observation, caution 
is obviously recommended when glass structures are used to rationalize liquid 
structures at liquidus temperatures. There are other distinctions, moreover, 
between glass and liquid states. 

The NMR spectra ofliquids at temperatures above the glass transition contain 
only a single narrow peak in contrast to the broader and more complex spectra 
of glasses (Stebbins, 1988). These effects are produced in fluids in which the atomic 
motions responsible for configurational changes occur at time scales shorter than 
the NMR timescale. If this hypothesis is correct, it means that the silicon-oxygen
network modifying cation bonds are continuously and rapidly broken and 
reformed leading to an average spectrum. The Q distribution in silicate liquids 
apparently is not a static one, but represents the time and space average of an 
equilibrium distribution. The lifetime of an Si-O bond is estimated to be very 
brief, in the micro-second range. The fact that the vibrational spectrum of 
Na2Si2 0 s liquid is similar to that of the glass (Sweet and White, 1969) suggests 
that the lifetime of the Si-O bond is longer than the vibrational time scale. It is 
this property that gives the liquid its distinguishing physical and thermodynamic 
character and it reaffirms the earlier argument that fixed sites do not occur in 
liquids. 
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Group III Elements 

Boron 

Boron exists in three-fold coordination with oxygen in Bl 0 3-Si03 glasses (Bray, 
1978). The addition of even small amounts of B20 3 causes a significant depres
sion in the cristobalite liquidus (Levin et ai., 1969), suggesting that B efficiently 
destroys the SiOSi framework and dramatically lowers the activity of Sial' This 
effect is consistent with B03 trigonal groups being distributed within the Sial 
framework. The liquidus assumes a sigmoidal shape at high B20 3 contents, 
perhaps indicating the existence of metastable liquid immiscibility. Low-angle 
X-ray scatter experiments found no evidence for the existence of a metastable 
two-liquid field (Vasilevskaya et al., 1980), but did discover lOdSA-sized 
regions enriched in SiOl or B20 3 • Thus, ordering of boron occurs in boron-rich 
silicate melts and may presage the onset of silicate liquid immiscibility . 

The addition of alkali or alkaline earth oxides to borosilicate glass causes B03 

units to convert to B04 tetrahedra, the latter utilizing alkalies and alkaline earths 
as charge-balancing cations (Dell et ai., 1983; Park et ai., 1979). The conversion, 
however, is not complete at all compositions. In NalO-Bl0 3-Si02 glasses with 
Nal O/Bl 0 3 (moles) < 0.5, 11 B NMR studies show that all sodium atoms are 
associated with B04 tetrahedra (Fig. 1). As NalO/Bl0 3 is increased (for a given 
silica content) proportionally fewer B03 units are transformed to B04 groups 
until a maximum in B04 /B03 is reached. Beyond this critical Nal O/Bl 0 3 ratio, 
the B04/B03 ratio steadily declines to very small values at high Na20/B203' 
Moreover, the B04/B03 ratio at a given Na2/B203 increases with the Sial con
tent. 
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Fig. I. Mole fraction of tetrahedrally coordinated B04 groups (N4 ) in NazO-Bz03-SiOz 
glass plotted as functions ofR = NazO/Bz03 (moles) and K = SiOz/Bz03 (moles). Modi
fied from Dell et al. (1983). 
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These data show that the B03 to B04 transformation is enhanced by increas
ing Si02 content, and that B04 tetrahedra copolymerize with, and are stabilized 
by, the SiOSi network. However, the solution of B04 tetrahedra into the SiOSi 
solvent is limited and saturation is reached at a boron to silicon tetrahedron 
ratio of about 1:4 (Dell et al., 1983). If a random distribution ofB04 tetrahedra 
is assumed, each boron tetrahedron will be linked to 4 Si04 tetrahedra. These 
groups are expressed by the formula NaBSi4 0 lO and have a mineral analog in 
the borate phase, reedmergnerite (NaBSi30s)' 

B04 tetrahedra are only partially soluble within the liquid silicate framework 
as is confirmed in several additional studies. For example, adding MgO to 
B20 3 -Si02 liquids creates a large field of immiscibility between borosilicate and 
Mg-bearing borosilicate liquids with MgO/B20 3 > 1 (Levin et aI., 1969). The 
MgO-rich borate glasses contain few B04 tetrahedra (Park et aI., 1979) Thus, 
B04 bearing glasses with Mg (and probably other divalent cations) as charge
balancing cations are less stable than those with monovalent charge-balancing 
cations. This conclusion is supported by molecular orbital calculations which 
show that the bond angles subtended by BOSi bonds are very different from 
those subtended by SiOSi bonds (Navrotsky et aI., 1985). The different angular 
requirements should limit the ability of B04 tetrahedra to substitute within the 
SiOSi tetrahedral framework. These results may also apply to AI-bearing melts. 

The 11 B MAS NMR spectra of glasses along the join NaAISi30 s (Ab)
NaBSi30 s (Rd) indicate that boron exists in both trigonal and tetrahedral 
coordination, with the percentage of the trigonal species increasing from 29% in 
Rd100 to 60% in Rd20 compositions (Geisinger et aI., 1988). Most of the Si, Al 
and tetrahedrally coordinated B form a copolymerized network, but it is believed 
that Si04 4 - and B033- are not nearest neighbors. Domains of Si, AI, B (tetra
hedral) rich-glass apparently coexist with domains enriched in B (trigonal). Thus, 
if the albite-rich glass is an adequate model for anhydrous rhyolite melts, it 
follows that B is predominantly in trigonal coordination in metaluminous
peraluminous melts, whereas B04 -5 species predominate in peralkaline melts 
(Dell et aI., 1983). However, the role of H20 and other volatiles and the con
centration of other highly charged cations (e.g., p+5 ) may significantly modify 
these predictions (see later). 

Nevertheless, even small amounts of boron have a dramatic effect on the 
solidus temperatures of highly polymerized liquids. Chorlton and Martin (1978) 
obtained solidus temperatures for tourmaline-bearing granite that are 60-90°C 
lower than the minimum melting temperatures in the dry granite system. The 
addition of B also lowers the liquidus temperatures of H20-undersaturated 
and H20-saturated alkali alumino silicate melts (Pichavant, 1981, 1987). 

Boron increases the solubility of H20 in silicate melts (London, 1987; Picha
vant, 1987), and is preferentially partitioned into the vapor phase (London et aI., 
1988). The hygroscopic nature of boron in silicate melts is clearly indicated. 
Caution must therefore be exercised when trying to apply the spectroscopic 
results obtained on anhydrous systems to H20-bearing siliceous systems that 
better approximate natural granite or pegmatite magmas. 



160 P.C. Hess 

Aluminum 

It is widely accepted that aluminum occurs in tetrahedral coordination with 
oxygen in silicate melts whenever appropriate charge balancing cations exist in 
sufficient abundance. The charge balancing cations are mainly of low charge. 
Calorimetric studies of glasses in systems of Si02- Mn+ 1/nAI02 show that the 
sequence Cs ~ Rb > K > Na > Li ~ Ba > Pb > Sr > Ca > Mg is arranged 
according to the charge balancing ability of the cations (Roy and Navrotsky, 
1984). This means that charge balancing cations oflow field strength maximize 
the thermodynamic stability of alumino silicate melt structures. These observa
tions are rationalized as follows. Charge balancing cations are located within 
cages made up of SiOSi and AIOSi coordinated oxygens much as observed 
in framework alumino silicate minerals (Taylor and Brown, 1979). Low field 
strength cations do not strongly polarize the bridging oxygen and only weakly 
perturb the aluminosilicate structure (Navrotsky et aI., 1985; Hess and Wood, 
1982). In contrast, high field strength cations form relatively strong bonds with 
the bridging oxygen. The strong bonds perturb the aluminosilicate structure by 
narrowing the TOT bond angle and lengthening the TOT bonds (the AIO bond 
is lengthened more than the SiO bond), causing a decreasing positive TO overlap 
population and a significant weakening of the TO bonds (Geisinger et aI., 1985; 
Navrotsky et aI., 1985). The overall structure is destabilized and such liquids are 
prone to crystallization or silicate liquid immiscibility. 

These predictions are confirmed in several studies. (1) CaO, MgO aluminosili
cate liquids have significantly lower viscosities than comparable Na20, K20 
aluminosilicate melts (e.g., see Mysen, 1988). (2) Temperatures of metastable 
two-liquid fields in aluminosilicate systems are much greater in liquids contain
ing divalent charge-balancing cations than in those with monovalent charge
balancing cations (Varshal, 1975). (3) In coexisting immiscible silicate melts, 
(Na, K)AI02 tetrahedral species are concentrated in the highly polymerized 
Si02-rich melt, whereas (Ca, Mg)o.s AI02 species prefer the low Si02 melt (Hess 
and Wood, 1982), because the high field strength charge-balancing cations per
turb and destabilize the highly polymerized TOT liquid. 

The hierarchy established among the charge-balancing cations also confirms 
the notion that the solution properties of cations in an aluminosilicate melt are 
not very sensitive to cation size (Ellison and Hess, 1989c). The largest mono
valent cation, Cs, heads the series for the monovalent cations, and the largest of 
the divalent cations, Ba, leads the divalent cations. Yet crystalline cesium feldspar 
CsAISi30 s has not been synthesized, presumably because the large Cs atom 
cannot fit within the voids of the alumino silicate framework (Liebau, 1985). The 
Cs is accommodated, however, within the more open and flexible crystalline 
CsAISi20 6 and CsAISi04 structures. While the more flexible properties of the 
melt are certainly understandable, the question remains why Cs is more stable 
than the smaller monovalent cations in liquid aluminosilicate. It is not because 
there are more large voids than smaller ones in silicate melts. This point is 
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demonstrated quite nicely by the solution properties of the noble gases in silicate 
melts. 

Lux (1987) determined that Henry's Law solubility coefficients in silicate melts 
were in the order of He > Ne > Ar > Kr > Xe; an order inversely related to the 
size of the noble gas atom. In this instance, the small atoms have greater stability 
than the large atoms, and there is an energy cost in trying to dissolve the larger 
noble gas atoms in the silicate melts. In contrast to the noble gases, the stability 
of the charge balancing cation (of fixed charge) is proportional to the size of the 
cation. The ionic radius of Cs in twelve-fold coordination with oxygen is similar 
to that of Kr, whereas that of Na is similar to He. If it is assumed that the free 
energy of forming a void in the silicate melt is related to the size of the void 
formed, then it must be concluded that strong bonds are formed between the 
large Cs ion and the bridging oxygen coordinated to aluminum. The energy 
gained through bonding with these oxygen more than offsets the energy required 
to form (or deform) the site for the large charge-balancing cation. 

The coordination of Al in peraluminous melts where Al is in excess of the 
charge-balancing cations is a complex function of composition. The 27 Al MAS 
NMR spectra of roller quenched, phase separated AI20 3-Si02 glasses clearly 
show peaks at about 60, 30 and 0 ppm (Risbud et aI., 1987). The peaks at 60 and 
o ppm are easily assigned to aluminum in tetrahedral and octahedral coordina
tion respectively. The assignment of the peak at 30 ppm is less certain but Al in 
five-fold coordination in andalusite and in other phases resonates at this value. 
Accepting this assignment, then AI(4) appears to coexist with AI(5) in Si02 -rich 
glasses (A120 3 < 15 wt%), whereas AI(6) becomes more prominent in the Si02-

poor glass. Si02-poor glasses, therefore, contain Al in 4-, 5- and 6-fold coordina
tion, although the exact mechanism of charge compensation of oxygen is not 
known. 

The coordination of Al in more complex peraluminous melts is known with 
less confidence. The 27 Al MAS NMR spectra of some peraluminous glasses in the 
CaO-AI20 3-Si02 system exhibit sharp peaks with chemical shifts at +48 to 
+ 56 ppm and - 3 to + 11 ppm, chemical shifts which typically are associated 
with AI04 and AI06 coordinations, respectively (Engelhardt et aI., 1985). It is 
noteworthy, however, that only the most peraluminous glasses with A120 3/ 

CaO > 1.5 (moles) have octahedrally coordinated AI. Less peraluminous glasses 
and all metaluminous glasses have no detectable AI(6). All the Al in these glasses 
occurs as AI04 tetrahedra. This is true even for compositions with A120 3 / 

Si02 > 1 (moles) wherein AIOAI bonding is required by stoichiometry. Tetra
hedral coordination of Al appears to be favored in silicate melts and glasses at 
low pressures. 

This conclusion is supported by Al K-XANES and Al K-EXAFS studies of 
peraluminous Na20-AI20 3-Si02 glasses, where Al remains in tetrahedral co
ordination in all glasses with AljNa :::;; 1.6 (moles) (McKeown et aI., 1985). Simi
larly, Raman spectra of peraluminous glasses indicate that the Si04 tetrahedra 
become increasingly polymerized with the substitution of Al for K (Dickinson et 
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al., 1984). This substitution is explained by the formation of aluminum triclusters 
(Lacy, 1963) in which a single oxygen is coordinated by three AI04 tetrahedra 
(or perhaps some more complex combination of AI04 , Si04 and even AIOs 
polyhedra). The formation of the tricluster and the concomitant ordering of Al 
around oxygen induces SiO to polymerize, e.g. 

3Al2 SiOs = 3Al20 3 . Si02 + 2Si02 

The equilibrium above is the melt analogue of the mineral reaction 

3 sillimanite = mullite + cristobalite 

(4) 

(5) 

wherein mullite contains the tetrahedral triclusters. The enthalpy change of the 
mineral reaction is positive, showing that mullite owes its stability to a greater 
entropy (Robie et aI., 1978). Whether these energy considerations hold true in 
the melt is debatable. It is noteworthy, however, that mullite has a large liquidus 
field in the Si02-rich, peraluminous portions of the M20-MO-AI20 3-Si02 

systems (Levin et aI., 1964). The mullite liquidus, in fact, extends nearly to the 
charge-balanced compositions. It is logical to conclude, absent evidence to the 
contrary, that tetrahedrally coordinated Al resides primarily in some form of 
tricluster in peraluminous melts (but see McKeown et aI., 1985). Only the most 
peraluminous melts with (M + + 1/2M2+)/ Al > 1.6 contain significant concen
trations of AI06 . 

It is interesting that the 01S binding energy of oxygen in peraluminous glasses 
is identical to that of the bridging oxygen in peralkaline glasses (Bruckner et aI., 
1978). This similarity means that the differences in the electron density of bridging 
oxygen located within SiOSi, SiOAI and AI triclusters are either below detection 
limits or are completely averaged out throughout the network. The data suggest 
that the alumino silicate structure in peraluminous glasses is not strongly per
turbed by the formation of Al triclusters. Temperature-composition coordinates 
of the metastable two liquid field in the MgO-Alz03-SiOz system support this 
thesis. Figure 2 contains a roc versus MgO/Alz0 3 + MgO section through the 
solvus at 75% Si02 (Galachov et aI., 1976a). Note that aluminosilicates with 
excess Mg are less stable than comparable peraluminous liquids. Melts with Al 
triclusters are therefore more stable with respect to unmixing than melts contain
ing divalent network-modifying cations in excess of AI. This is not true for melts 
containing aluminum and monovalent charge-balancing cations. 

There are probably few occurrences of Al-triclusters in natural silicate melts. 
Peraluminous melts contain Al > K + Na + Ca but usually there are enough 
other divalent cations such as Mg and Fe +2 to act as charge-balancing cations. 
Exceptions include high Si02 rhyolites and granites, and highly peraluminous 
pegmatites (London et al., 1989). Thus, the existence of Al triclusters or even AI06 

octahedra cannot totally be dismissed. For example, 27 Al NMR studies of 
CaO-AI20 3-P20 s glasses with CaO/AI20 3 > 1 (moles) have both AI04 and 
AI06 polyhedra (and perhaps even AIOs species if the chemical shifts at + 37, 
+4 and -21 ppm correspond to 27 Al shifts in AI20 2-Si02 glasses of + 60 (AI, 4), 
+ 30, (AI,5) and 0 (AI,6) ppm) (Miiller et aI., 1983). Apparently, the strong 
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Fig. 2. Approximate temperature-composition section at xSi02 = 0.75 (moles) through 
the metastable two liquid field in the system MgO-Ga203-Si02, CaO-Ga20 3-Si02 and 
MgO-AI20 3-Si02. Note that the critical temperatures in the peraluminous compositions 
are significantly less than in Al20 3-poor compositions. Also, immiscibility temperatures 
in the Ga system are much greater than in the equivalent Al system. (Data from Galachov 
et aI., 1983, 1979a. 

association of Ca and p+s (see later) require that aluminum seek coordinations 
other than tetrahedral. Thus, P and other highly charged cations may introduce 
interesting but, typically, minor perturbations to the solution behavior of Al 
(recall that Si is also forced into six fold coordination in P20 s-rich glasses). 

Gallium 

The basic features found in the Raman spectra of sodium alumino silicate glass 
are present also in the spectra of corresponding Ga substituted glass (Matson 
and Sharma, 1985; Fleet et aI., 1984). These data plus the well-known AI-Ga 
diadochy in crystalline feldspars and other silicate minerals (Kroll et aI., 1978; 
Gazzoni, 1973), are convincing evidence that the structural roles of Ga and Al 
in silicate melts are nearly identical. Thus, Ga should occur in tetrahedral 
coordination with oxygen whenever appropriate charge-balancing cations are 
available. The nature of the charge-balancing cations are probably identical to 
those that were found suitable for AI. 

This model predicts that the phase relations of Ga-bearing melts should 
mimic those of AI-bearing melts. In fact, the metastable two liquid solvi in 
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the MgO(CaO)-Ga203-Si02 and MgO(CaO)-AI20 3-Si02 are very similar 
(Galachov et a!., 1976a, 1983). The solvi are saddle shaped and reach a minimum 
temperature at compositions near MgO/AI20 3 and MgO/Ga20 3 = 1 (moles) 
(Fig. 2). Melts of charge-balanced Ga +3 and Al +3 have the optimum stability. 
Thus, both Ca and Mg are appropriate charge-balancing cations for Ga04 

tetrahedra. Moreover, the temperatures of the saddle in the MgO-Ga20 3-Si02 
are greater than those of the CaO-Ga20 3-Si02 system as also observed in 
comparable Al20 3-bearing liquids. 

However, the critical temperatures ofthe gallium solvi are significantly greater 
than those of the aluminum solvi; the maximum temperature of the saddle point 
is about 1500°C in the MgO-Ga20 3-Si02 solvus, whereas it is less than 1100°C 
in the MgO-AI203-Si02 system (Fig. 2). Charge balanced Ga04 tetrahedra are 
less stable within the TOT framework than are AI04 tetrahedra. Similarly, the 
stability of Al in peraluminous glasses appears to be greater than Ga in pergallic 
glasses. Galachov et a!. (1976b) have determined that the critical temperature 
rises smoothly from 1300°C in the AI20 3-Si02 system to 1640°C in the Ga20 3-
Si02 system. The difference in stability of the single liquid is consistent with the 
greater Ga-O bond lengths and the larger Ga-O polyhedra as compared to 
AI-O species. 

The Ga04 tetrahedra are more stable in silicate melts than are Fe3+04 

tetrahedra. Dickenson and Hess (1986) determined that Fe3+04 tetrahedra are 
stable in K20-Ga20 3-Si02 melts as long as the K content exceeds that ofGa3+ 
and Fe3+ (moles) (Fig. 3). The same pattern is observed in K20-AI20 3-Si02 
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Fig. 3. Redox ratio of Fe2+ /Fe3+ plotted against K20/K20 + (AI20 3 , Ga20 3 ) for 
quenched liquids in the system K20-(AI20 3 , Ga20 3)-Si02 with 2% "Fe20 3". All data 
for compositions of 78 mol% Si02 , in air and at 1400°e. Redox ratios in peralkaline 
liquids are low and approximately constant. Redox ratios rise sharply in peraluminous 
glasses where there are insufficient K atoms to charge balance Al04 , Ga04 , and Fe+ 30 4 

tetrahedra. From Dickenson and Hess (1981,1986). 
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melts (Dickenson and Hess, 1981). The Fe3+ is reduced to Fe2+ in melts with 
K < Ga + Fe3 +, because there are not enough potassium atoms to charge 
balance the Fe 3+ 0 4 tetrahedra as well as the Ga04 tetrahedra. Taken together 
these data show that the network-forming tendency of these trivalent cations is 
in the order AI> Ga > Fe+3. 

Sc, Y, and REE 

The remaining group III elements considered here, Sc, Y, and the trivalent rare 
earth elements (REE), commonly occur in 6- to 9-fold coordination in crystalline 
oxide compounds (Felsche, 1973). Furthermore, their large octahedral radii 
(0.7sA to l.03A (Shannon, 1976)) makes substitution into the TOT framework 
highly unlikely. These cations must coordinate with non-bridging oxygen (FOT) 
and/or oxygen shared by network-modifying (FOM) or other F-type (FOF) 
cations. The main question is which of these solution complexes are most 
abundant in silicate melts and what factors control their stability. 

Phase equilibria provide some useful guides. Binary silicate compounds of 
R2SiOs to R2Si20 7 compositions where R = Sc, Y, and REE, are near liquidus 
phases in all the binary systems (Levin et at, 1969). R-O-Si bonds are indeed 
stable and should exist in silicate melts. Note, however, that the silicate com
pounds are very depolymerized: the R2Si20 7 compound contains only t bridging 
oxygen per Si04 tetrahedron, while the R2SiOs compound contains only non
bridging oxygen and "free oxygen" (ROR) (Felshe, 1973). Moreover, Si02-rich 
silicate melts with R/Si > 1 are unstable at high temperatures; a large two-liquid 
field exists to temperatures in excess of 2000°C (Levin et at, 1969). It is implied 
that these cations have a limited stability in highly polymerized melts (see 
Introduction). If true, their distribution within a melt is not random, but they 
should concentrate in liquid structures of relatively low TOT polymerization. 

Parts of this model find confirmation in the Raman spectra of a series of 
K20-SSi02 glasses where La is substituted for K on an equal oxygen basis 
(Ellison and Hess, 1987; 1990). This substitution is particularly instructive be
cause it preserves the nominal non-bridging oxygen content of the glass. The 
spectra are relatively easy to interpret because the bands associated with the 
vibration of KOSi are polarized, whereas the LaOSi bands are relatively depo
larized (Fig. 4). The spectra show clearly that La and K ions occupy more or less 
separate coordination environments in the glass. The main evidence is the growth 
of depolarized bands at 1030 cm -1 and 940 cm -1 with the substitution of La for 
K while the polarized 1100 cm -1 band remains in a fixed position. The 1030 cm-1 

and 940 cm -1 bands are assigned to the LaOSi vibrations on Q3 and Q2 silicate 
tetrahedra, whereas the 1100 cm -1 is assigned to the Q3 vibration of K. The La 
for K substitution therefore leads to a redistribution of Q environments from 
a glass that contained mostly Q3 tetrahedra (0% La) to one that contains two 
different Q3 species and Q2 species. This effect can be expressed as the homo
geneous equilibrium 
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Fig. 4. Parallel (upper curves) and cross-polarized (lower curves) Raman spectra of 
K20' 5Si02 and (10 - x)K20-(xj3)La20 3-50 Si02 glasses. Note the growth of the 
bands at 1030 cm-l and 450 em-l as La20 is substituted for K20 on an equal oxygen 
basis (Ellison and Hess, 1987). 

(6) 

where the La for K substitution drives the reaction to the right. Note that the 
growth of a new band at 480 cm- l is also consistent with the development of 
regions rich in SiOSi bonds and Q4 species. 

The spectra generally support the concept that highly charged cations have 
limited stability in highly polymerized structures (i.e., higher Q environments). 
But the Q species must be much more polymerized than anticipated if crystal 
structures are to be used to approximate liquid structures. As discussed above, 
binary crystalline La-silicates occur only as pyro- (Ql) and ortho-silicates (QO), 
yet La is located on Q2 and Q3 species in the K 20-Si02 glass. It is possible that 
these more polymerized La species are stabilized by K. This explanation is not 
viable, however. Note that the spectrum of the LajK = 1 glass contains the Q3 
band for SiOK. Whenever lanthanides and potassium coordinate the same 
non-bridging oxygen in chain silicates, the KjLa ratio typically is ~ 1 (Liebau, 
1985). If this ratio applies to the melt, the discrete band at 1100 cm-1 band 
should disappear, but this doesn't happen. It follows that few ofthe K and La ions 
coordinate the same non-bridging oxygen, and that LaOSi bonds on Q2 and Q3 
species exist. This effect demonstrates again that a silicate melt is a more hospit-
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able and flexible environment than the corresponding crystals. Crystal structures 
should therefore be used as guides but not constraints on liquid structures. 

It is logical to extend the La model to other group III trivalent cations since the 
phase equilibria are similar. Indeed, the Raman spectra of Gd and Yb in K20-
4Si02 substituted glasses are virtually identical to those ofthe La glasses (Ellison 
and Hess, 1987b, 1991) as are the spectra of Sc, Y and La Na20-Si02 bearing 
glasses (Krol and Smets, 1984; Nelson et at, 1984). The coordinations, Q popula
tion and liquid structures of these R 3+ network-modifying cations are virtually 
identical, with only minor deviations from the expected norm. 

Group IV Elements 

Carbon 

Under suitably oxidizing conditions, carbon dissolves in silicate melts as mole
cules of CO2 and as variously distorted carbonate complexes (Fine and Stolper, 
1985). The solubility of CO2 is the sum of the concentrations of the various forms 
of the dissolved CO2. The solubility of CO2 and its speciation is sensitively 
dependent on the bulk composition of the melt as well as on the ambient pressure 
and temperature. Fine and Stolper (1985), for example, determined that the ratio 
of molecular CO2 to C032- increased significantly with increasing Si02 contents 
of melts in the NaAI02-Si02 join. A homogeneous equilibrium of the sort 

(7) 

might adequately describe the solubility relations. In this equilibrium, CO2 strips 
the charge-balancing Na cation from AI04 tetrahedra to form Na2C03 com
plexes. The Al is forced to assume a new coordination, possibly the tricluster 
configuration that is believed to be characteristic of peraluminous melts. The net 
effect is to weaken the aluminosilicate liquid and thereby reduce its viscosity 
(Brearley and Montana, 1989). An alternative model proposed by Fine and 
Stolper (1985) is that the melts are not fully polymerized and contain sufficient 
non-bridging oxygen to allow the following equilibrium to occur: 

(8) 

Equilibria such as these are believed to control the solubility of CO2 in less
polymerized melts (Eggler and Rosenhauer, 1978) where network-modifying 
cations such as Ca2+, Mg2+ and Fe2+ are available to stabilize the C032-
groups. The lower viscosity of CO2-NaAISi20 3 melts compared to CO2-free 
melts, however, supports the former mechanism. 

The CO2 equilibria deduced from experiments on simple systems have direct 
application to natural melts. Stolper and Holloway (1988) found that CO2 exists 
only as C032- ions in basalts below 2 kb. The CO2/CO/- ratio increases in the 
sequence from andesite, rhyodacite to rhyolite melts, with only molecular CO2 
existing in rhyolite (Fogel and Rutherford, 1990). 



168 P.C. Hess 

Increasing pressure increases the solubility of CO2 and decreases the C021 
C03 2- ratio in albite melts (Stolper et aI., 1987). Similar relationships probably 
obtain in less polymerized melts. The temperature of the equilibrium 

Diopside + Forsterite + CO2 = Enstatite + Melt (9) 

is only slightly depressed by increased PC02 at low pressures. At pressures above 
25 kb, however, the temperature of this reaction is depressed by about three 
hundred degrees and the solubility of CO2 increases by more than an order of 
magnitude (Eggler, 1975). This remarkable phase change is believed to reflect a 
dramatic increase in the stability of CO/-. Albite melts, in contrast, show no 
such large increase in the solubility of CO2 up to 30 kb (Stolper et al., 1987), 
reflecting the difficulty of stripping Na from its charge-balancing position. Pres
sures over 60 kb are probably required to increase dramatically the CO2 solu
bility in aluminosilicate melts, because 27 Al NMR studies of NaAISi20i; melts 
suggest that AI04 tetrahedra gradually transform to AI06 octahedra at these 
pressures (Ohtani et aI., 1985), thus freeing Na from its charge-balancing role to 
combine with the C03 2- ions. 

Germanium 

The ionic radius of Ge4 + in four-fold coordination with oxygen is identical 
with that of Al in four-fold coordination. It is not surprising that Ge, like AI, 
may readily substitute for Si in crystals and glasses. Raman spectra of Ge02, 
KAIGe30 s, KAIGe206 and KAIGe04 glasses are very similar to those of equi
valent Si-bearing glasses (Matson and Sharma, 1985). Moreover, despite the size 
differences between Si04 and Ge04 tetrahedra, Si and Ge apparently mix com
pletely to form a continuous network structure ranging from pure Si02 to 
pure Ge02 composition (Sharma et aI., 1984) and the enthalpy of mixing of 
NaAIGe03 -NaAISi03 glasses is ideal (Capabianco and Navrotsky, 1982). Still, 
the similarity between Ge and Si is not complete. For example, germanate glasses 
of low alkali contents contain Ge06 octahedra, whereas only Si04 tetrahedra 
exist in the corresponding alkali-Si02 glasses (Furukawa and White, 1980). 
Nevertheless, the data strongly suggest that Ge occurs as T04 network-forming 
tetrahedra in naturally occurring silicate melts. 

Titanium 

The coordination of titanium in silicate melts and glasses appears to be less than 
simple. Polyhedra containing 4, 5 and 6 oxygens around Ti, or mixtures of these 
coordinations, have been proposed. Support for the existence of tetrahedrally 
coordinated Ti comes from studies by Raman spectroscopy (Furukawa and 
White, 1979; Mysen et aI., 1980). A distinctive feature of the Raman spectra of 
TiOrbearing silicate glasses is a very intense band in the 850-940 cm-1 region. 
This band was assigned to the Ti-O-M stretching mode on Ti tetrahedra even 
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though the only compound examined with tetrahedral Ti (Ba2 Ti04 ) has the most 
intense band at 745 cm -1. The higher Ti-O-M stretching frequencies in the glass 
spectra were attributed to the effects of polymerization of Ti04 tetrahedra. 
Indeed the polymerization of Si04 tetrahedra causes the Si-O-M stretching 
frequencies to increase by several 100 cm-1. Unfortunately, this hypothesis 
cannot be tested for Ti04 tetrahedra because there are no crystalline compounds 
with polymerized Ti04 units. In contrast, polymerized TiOs and Ti06 units are 
common features of titanate crystalline compounds. 

Raman spectra of crystalline powders of K2 Ti20 s and K2 Ti 30 7 have intense 
bands in the 850-900 cm-1 region, yet these phases contain only 5 or 6 co
ordinated Ti (Dickinson, 1984). Glassy K2 Ti20 s also has a strong band near 
900 cm -1. Dickinson argued that the intense band stemmed from anomalously 
shortened Ti-O bands in a distorted Ti06 octahedron. In support of this argu
ment, a combined XAS and neutron scattering study of K20-Ti02-2Si02 
glasses determined that Ti was 5-coordinated, with four oxygens at 1.96A and 
one at 1.65A (Yarker et aI., 1986). Other studies of multicomponent Ti-bearing 
glasses determined that the average Ti-O distance was 1.85A (Dumas and Petiau, 
1986) consistent with the distorted tetragonal pyramid model or perhaps to a 
mixture of 4 and 6 coordinated Ti. 

Other spectral data confirm that the solution properties of Ti are complex. 
Honada and Soga (1980) conclude from x-ray emission spectra ofNa20-Ti02-
Si02 glasses that Ti06 octahedra are abundant at low concentrations < 10% 
but convert to lower average coordinations at higher Ti02 concentrations. 
EXAFS data for Ti02-Si02 glasses were modelled as mixtures of Ti06 and 
Ti04 polyhedra (Greegor et aI., 1983). Photo acoustic spectroscopic studies of 
binary titanate glasses indicate that 4 and 6 coordinated Ti do occur, the 4: 6 ratio 
decreasing with increasing Ti02 concentration and with increasing field strength 
of the coordinating cation (Yoshimaru et aI., 1984). 

It is safe to conclude that the spectral data allow for the existence of at least two 
types of TiO bonds. Whether these bond types are linked to Ti04 and Ti06 or 
distorted TiOs remains to be seen. Nevertheless, the ability of Ti02 to accommo
date itself within a silicate melt has several interesting applications. For example, 
the activity coefficient of Ti02 (at fixed rq increases by a factor of about 4 from 
basalt to metaluminous granite (Ryerson and Hess, 1978; Watson, 1976). This 
increase means that the crystallization of important minerals such as sphene, 
ilmenite, and titanomagnetite among others will occur at much lower concentra
tions of Ti02 in SiOrrich melts than in Si02-poor melts at comparable tempera
tures. The study of Dickinson and Hess (1985) showed that the activity coefficient 
ofTi02 decreased very sharply with the K 20j Al20 3 ratio in peralkaline granitic 
melts but changed only slightly in peraluminous melts. The "peralkaline effect" 
is controlled by an equilibrium such as 

2SiOK + TiOTi = 2TiOK + SiOSi (10) 

where TiOK complexes are produced at the expense of SiOK non-bridging 
species. The average stoichiometry of the titinate complex is estimated to be 
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Fig. 5. Solubility of rutile (wt% Ti02) in melts of K20-AI20 3-Si02 composition with 
initial xSi02 = 80 mol%. Note that the solubility is comparatively low in peraluminous 
melts (K20/(K20 + Al20 3 ) < 0.5) but increases sharply in peralkaline melts. Since the 
activity of Ti02 is fixed at constant temperature, the activity coefficient of Ti02 varies 
inversely to the mole fraction of Ti02. From Dickinson and Hess (1985). 

between K2 TizOs and K z Ti30 7 (Dickinson and Hess, 1985; Gwinn and Hess, 
1989). In peraluminous melts, K+1 is used to form KAI04 complexes and there
fore is not accessible to Ti. The solution behavior in the peraluminous melts is 
therefore controlled by the stability of TiOTi complexes. It is not strongly 
influenced by the formation of AIOTi complexes, because the solubility of rutile 
decreases with the aluminum content (Fig. 5). An equilibrium like (10) also 
explains why the cotectic between forsterite-enstatite and cristobalite-enstatite 
shifts to less SiOz-rich compositions upon addition of TiOz (Kushiro, 1975; 
Ryerson, 1985). The equilibrium 

2SiOMg + TiOTi = 2TiOMg + SiOSi (11) 

is shifted to the right, thereby polymerizing the melt and increasing the activity 
coefficient of SiOz. 

A question often raised is whether Ti behaves as a network-forming (in the 
sense of Ti04 and Si04 tetrahedra copolymerizing into an extended network) or a 
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network-modifying cation. The alternatives offered in this question, however, are 
incomplete. Two liquid partitioning studies provide direct information about the 
network-forming abilities of a cation. The partitioning ofTi between immiscible 
silicate melts in simple systems (Watson, 1976; Visser and Koster van Gros, 
1979b; Wood and Hess, 1980; Hess and Wood, 1982), in synthetic ferrobasaltic 
and granitic immiscible liquids (Ryerson and Hess, 1978; Hess et aI., 1975, 
1978; Rutherford et aI., 1974) and in natural occurring immiscible melts in lunar 
and terrestrial igneous rocks (Roedder and Weiblen, 1972; Philpotts, 1982) is 
always in favor of the less polymerized liquid. Thus, even ifTi is four coordinated, 
it does not partition into the polymerized aluminosilicate network. The phase 
equilibria and spectroscopic data are most easily explained if Ti prefers to form 
polymerized titinate complexes with network-forming cations. These titinate 
complexes coexist with the aluminosilicate network, although each is soluble to 
varying degrees in the other. Titanium, therefore, has characteristics of a T and 
F -type cation, although F -type behavior is expected to dominate in most silicate 
melts and glasses. 

Sn +4 Zr+4 Hf+4 , , 

There is only a limited amount of data on the solution behavior of the Group IV 
cations Sn +4, Zr+4, and Hf+4. What data exists, however, can be used in conjunc
tion with the Ti data to develop a realistic representation of their solution 
characteristics. For example, cassiterite, Sn02 , has a rutile structure and mal
ayaite, CaSnO(Si04) is isomorphous with sphene CaTiO(Si04). Mossbauer 
studies indicate that Sn+4 occur as Sn06 octahedra in silicate glasses (Wong and 
Angell, 1976). Thus, it is expected that Sn+4 would follow Ti+4 in silicate melts. 
Experiments in the laboratory at Brown confirm these predictions. By applica
tion of cryoscopic techniques, Dickinson and Hess (1985) showed that the activity 
coefficient of Ti02 , decreases slightly with K 20/K20 + Al20 3 ratio in per
aluminous melts but then decreases dramatically in peralkaline melts. Similar 
behavior is noted for the activity coefficient of Sn02 in identical melts (Naski 
and Hess, 1985). The solubility of cassiterite is increased sharply by the avail
ability of K20 in excess of that needed to charge balance tetrahedrally co
ordinated aluminum. The homogeneous equilibrium 

2SiOK + SnOSn = 2SnOK + SiOSi (12) 

shows that Sn +4 strips K from its non-bridging position and results in the 
formation of more polymerized SiOSi melt. This "peralkaline effect" is a common 
characteristic of high field strength cations. 

Similar types of equilibria occur in Al20 3-free melts. Pyare and Nash (1982) 
determined that the redox ratio Sn + 2 ISn +4 decreases sharply with alkali oxide 
concentration in R20 (R = K, Li, Na)-Si02 melts. This redox equilibrium is also 
explained by the formation of Sn+40K bonds 
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2SiOK + Sno.s +20Si + 1/402 = 2SnO.2S +40K + 3/2SiOSi (13) 

Thus, decreasing the activity of SiOSi by the addition of R + causes Sn +4 to from 
at the expense of Sn+2, as indeed is observed. 

Zircon saturation experiments on dry or H20-bearing granitic melts (Watson 
and Harrison, 1983; Watson, 1979) and unpublished work at Brown have estab
lished that zircon solubility is increased sharply in peralkaline melts. A similar 
solution mechanism is implied, i.e., 

SiOR + ZrOSi = ROZr + SiOSi (14) 

Equation (14) predicts that the solubility of zircon should increase in peralkaline 
melts as observed. Moreover, this effect emphasizes that the stability of the ROZr 
complex is as important as the degree of SiOSi polymerization in determining 
the solubility of zircon. 

There is only limited data on the solution characteristics ofHf02. The solubil
ity of hafnon, HfSi04, and zircon, ZrSi04, are virtually identical in melts along 
the (Na, K)AI02-Si02join(Ellison and Hess, 1986). This similarity is not surpris
ing since Hf and Zr behave coherently in natural geochemical systems. It is not 
hard to predict that Hf02 will display the peralkaline effect in silicate melts. 

Raman spectra of (xK4(1 - x)Zr)02 . 8Si02 glasses demonstrate that ZrOSi 
and SiOSi bonds are created at the expense of KOSi bonds as Zr is exchanged 
for K on an equal oxygen basis (Ellison and Hess, 1989b). The K20-4Si02 glass 
contains only Q3 and Q4 species. The Zr-bearing glasses contain Zr-coordinated 
QO species as well as the K-coordinated Q3 species, although the assignment of 
the Zr band is somewhat speculative. If the assignments are correct, then there 
is a redistribution of Q species such that Q3 species are converted to Qo species, 
e.g., 

(15) 

The growth of the 450 cm -1 band with Zr02 content is consistent with the 
creation ofSiOSi-rich regions and the production or Q4 species via reaction (15). 

The non-bridging oxygen belonging to the QO species are likely to be co
ordinated simultaneously to both K and Zr. Such a coordination scheme would 
nicely explain the peralkaline effect observed in the study of zircon solubility. 
Watson (1979) found that one mole of Zr02 would be dissolved for every two 
moles of excess K20 + Na20 in peralkaline melts. He proposed that alkali
zirconate complexes of K4Zr(Si04h stoichiometry exist in the melt. These melts 
were H20 saturated at 2 kb and at 700 to 800°C. In dry melts at one atmosphere 
and several hundreds of degrees higher, one mole of Zr02 is dissolved for 
everyone mole or excess K20, implying a complex of K2ZrSiOs stoichiometry 
(unpublished). Local electrical neutrality on the non-bridging oxygen in the 
K2ZrSiOs complex would be achieved exactly if K and Zr were six coordinated; 
each non-bridging oxygen would be coordinated to two K, one Zr, and one 
Si atom. Indeed, the coordination of Zr apparently is six in Na20-Si02 glasses 
(Waychunas and Brown, 1984). 
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Group V Elements 

Phosphorus 

Phosphorus forms P04 tetrahedra in both phosphate and silicate glasses and 
melts. In Si02 melts, P04 tetrahedra copolymerize with the slightly smaller Si04 

tetrahedra. However, one oxygen atom is formally double bonded to each 
phosphorus atom, resulting in a significant distortion and weakening of the 
phosphosilicate framework (Mysen et aI., 1981; Ryerson and Hess, 1980). This 
effect is expressed in a dramatic freezing-point depression of the cristobalite 
liquidus, and, of course, in a large drop in the activity coefficient of Si02 . In fact, 
when calculated on a P02 . S basis, the freezing point depression is greater than 
that for any common network-modifying or network-forming species (Ryerson, 
1985). 

Phosphorus remains in P04 coordination in compositionally more complex 
melts. Even a small amount of P20 S added to Na20-3Si02 and Na20-Si02 

glasses produces significant changes in the Raman spectra (Nelson and Tallant, 
1984). New spectral lines are observed that correspond to the vibration of NaOP 
bonds. However, the frequencies of the prominent SiONa and SiOSi vibrations 
are unchanged; only their intensities are diminished. The addition of phosphate 
to sodium silicate glass results in the formation of discrete Na-phosphate groups 
and minimal substitution ofP04 tetrahedra in the SiOSi structures. This solution 
mechanism is expressed by the homogeneous equilibrium 

2SiONa + POP = 2PONa + SiOSi (16) 

Note that phosphate reacts with the non-bridging species, SiONa, to form a 
discrete phosphate, PONa, and a more polymerized silicate structure (Ryerson 
and Hess, 1980; Mysen et aI, 1981). The competition for non-bridging species is 
given by 

SiONa + POSi = PONa + SiOSi (17) 

Phosphorus is thus distributed between network-forming, network-modifying, 
and discrete PONa species (Ryerson, 1985). Chromatographic studies of low 
Si02 melts show that both POSi and PONa species coexist in homogeneous 
equilibrium (Masson et aI, 1974). At higher Si02 contents, the scavenging of 
Na or other network-modifying cations results in local ordering of melt into 
TOT- and MOP-rich regions, a preliminary step to the onset of macroscopic 
phase separation. In fact, the addition of P20 S to liquids in the K20-FeO
AI20 3-Si02 system causes the two-liquid solvus to expand to much higher 
temperatures and pressures (Visser and Koster van Groos, 1979). 

Phosphorus is most stable in silicate melts containing appropriate network
modifying cations that can be utilized to form POM complexes. This model 
explains several interesting experimental observations: 

1. The addition of P20 S to multisaturated liquids (enstatite-forsterite, 
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cristobalite-enstatite) shifts the boundary curves to lower silica contents thereby 
increasing the ySi02 in the cotectic liquids (Kushiro, 1975). This shift is consistent 
with an increase in the number of SiOSi bonds created by the equilibrium given 
in (16) (e.g., Hess, 1980). 

2. P20 5 is partitioned into FeO, CaO-rich basaltic melts rather than in the 
coexisting immiscible granite melts (Watson, 1976; Ryerson and Hess, 1978). 
P20 5 is stabililized by the availability of the divalent network-modifying cations 
in the less-polymerized liquid. 

3. The solubility of apatite is greatest in ultramafic melts rich in network
modifying cations and least in granitic melts under identical temperatures and 
pressures (Watson, 1979). Moreover, the solubility relations are similar whether 
done under anhydrous or water-saturated conditions. Hence, the extent of sili
cate polymerization is not as important as access to appropriate network
modifying cations. 

4. The solubility of LaP04 ("monazite") exhibits a peralkaline and peralumi
nous effect in potassium aluminosilicate melts (Ellison and Hess, 1988). The 
solubility is at a minimum at K 20/Al20 3 = 1 (moles) but increases with both 
increasing peralkalinity and increasing peraluminosity (K/AI < 1). The peralka
line effect, seen also in hydrous melts (Montel, 1986), is described by reaction Eq 
(16) with alkalis in excess of aluminum acting as the network-modifying cation. 
The peraluminous effect is described by the formation of AIP04 from the alumi
num in excess of potassium or 

AIOAI + POP = 2AIOP (18) 

This model is supported by examination of the peraluminous glasses by Raman 
and both static and MAS NMR techniques (Gan and Hess, 1989; Mysen et al., 
1981) .. 

5. The observations that rare earth elements are strongly associated with 
phosphate complexes (Ryerson and Hess, 1978) suggest that phosphates have a 
strong affinity for R 3+ cations. Indeed, the addition of phosphorus causes a 
decrease in the Fe2+ IFe3+ ratio in peraluminous melts (Dickenson and Hess, 
1983; Gwinn and Hess, in progress). It is likely that phosphorus will strongly 
influence the geochemistry of other trivalent trace elements such as the rare 
earths, B, Ga, and Sc among others (see also London, 1987). 

The remaining Group V cations considered here include ASH, V5 +, TaH , and 
NbH . A common feature of pH and the Group V cations is their ability to form 
a large number of compounds with alkali oxides and the alkaline earths (Levin 
et aI., 1964, 1969). For example, five Na20-n V20 S compounds are stable at high 
temperatures with n = t, t, 196' 1 and 4. Moreover, F20 5-rich compounds (recall 
that F does not mean fluorine in this context) are most favored for F+s cations 
with the largest ionic radii. For example, pH with r = 0.35..\ (for octahedral 
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Fig. 6. Parallel (upper curves) and cross-polarized (lower curves) Raman spectra of 
K 20 '4Si02 and 7K20' O.6Nb20 S . 40Si02 glasses. (Ellison and Hess, 1989) 

coordination with oxygen) has n S 1 whereas Nb5+ with r = 0.64"\ has n S 10. 
These data hint that (1) Group V cations tend to complex with mono- and/or 
divalent cations in silicate melts and (2) large Group V cations form the most 
polymerized complexes; i.e., complexes with the greatest F20s/R20 ratios. 

Raman spectra for Nb-bearing glasses tend to support these conclusions. 
Parallel and cross-polarized Raman spectra of ((1 - X)5K2 X Nb2)Os-20Si02 
glasses (Fig. 6) have a remarkably intense, polarized band at 874 cm-1 and a 
depolarized band at 986 cm-I, both of which are absent in the 5K20.20Si02 
glass (Ellison and Hess, 1989b). The band at 874 em-I is similar to the strongest 
band in the spectra of MNb20 6 crystals where M is a divalent cation and Nb06 

octahedra have one NbOM and 5 NbONb bonds (Fukumi and Sakka, 1988). 
Increasing the number ofNbOM bands decreases the wave number of this band 
slightly. The 874 cm-1 bond is therefore assigned to the NbOK band on Nb06 

octahedra. On the other hand, the depolarized band at 986 cm -1 is typical of the 
assymetric vibrations produced by oxygen coordinated by Si and a cation of high 
field strength (Ellison and Hess, 1989b). This band is assigned to an SiONb 
vibration, possibly of the Q3 species. The structure ofthe Nb20 s glass is therefore 
dominated by two equilibria 

2KOSi + NbONb = 2KONb + SiOSi 

SiOSi + NbONb = 2NbOSi 

(19) 

(20) 
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and possibly consists of niobate-rich and silicate-rich domains. The niobate 
domains contain NbOK and probably most of the NbOSi species. The Si02-rich 
domains contain few NbOSi species and most of the KOSi and SiOSi. This 
distribution is also implied by the existence of a large two-liquid field that spans 
the Nb20 5-Si02 system from about 20% Si02 to 95% Si02 at 17OO°C (Levin et 
at, 1964). It is clear that more Si02 , probably as SiONb, is dissolved in the 
Nb20 5-rich immiscible melt than Nb20 5 is dissolved in the Si02-rich melt. 

A somewhat more complex picture emerges for the solution of arsenic in 
K20-Si02 glasses (Yerweij, 1981). In metasilicate glass (50K20-50Si02 -

0.5As20 5 ), arsenic occurs primarily as K3As04 monomers. As the K20/Si02 

content decreases, the arsenate ions polymerize to form dimers or perhaps 
trimers (As30 10 -5) and a small fraction of the arsenic is reduced and forms 
arsenite chains of Asm 0 2m+1 -(m-2). The As5+ ions strip K from Si and form 
isolated arsenate ions outside the network. The arsenite (AsH) ions may form 
non-bridging oxygen with Si, or possibly, use K as a charge-balancing cation, 
and copolymerize with Si04 tetrahedra. This alternative is reasonable because 
AsH and FeH have similar ionic radii and FeH also is reduced to Fe+2 in glasses 
with decreasing K20/Si02 (Paul and Douglas, 1965). 

The homogeneous equilibria that determine the solution character ofNb and 
the other 5 + cations is 

2SiOM + F-O-F = 2MOF + SiOSi (21) 

where M is an alkali or 1/2 alkaline earth and F is As5+, y5+, Ta5+, or Nb5 +. 
Hence F5+ outcompetes Si+4 for network-modifying cations. Moreover, it is 
possible that F5+ may even outcompete AI04 for their charge balancing species, 
perhaps forcing some Al cations into tricluster-type coordination. 

Group VI Elements 

It is not difficult to argue that the solution behavior ofF6 + cations will be similar 
to the F5+ group. The Raman spectra ofNa20· 3Si02 • 0.1Cr20 3 have an intense 
narrow band at 850 em -1 and a weaker, but still intense band at 900 cm -1 (Nelson 
et at, 1983). Bands at these wave numbers exist in aqueous solutions containing 
Cr04 -2 (846 cm-1 ) and Cr20l- (904 cm-1 ) species (Michel and Cahay, 1986), 
and therefore are assigned to Na2Cr04 and Na2Cr20 7 species respectively in the 
silicate glass. The Raman spectra of Mo-doped K20· 4Si02 glasses (Fig. 7) 
contain an intense polarized band at 890 cm -1 that is absent from the K 20· 
4Si02 glass (Ellison and Hess, 1989b). A strong band at 892 cm-1 exists in the 
spectra of crystalline Na2Mo04 and at 896 cm -1 for M0042 - species in aqueous 
solutions (Dean and Wilkinson, 1983). The 890 em-1 band is assigned to the 
Mo-O-K vibration in the glass. MO appears to form orthomolybdenate species 
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Fig. 7. Parallel (upper curves) and cross-polarized (lower curves) Raman spectra of 
K20-4Si02 and 7K20' Mo03 • 40Si02 glasses. (Ellison and Hess, 1989) 

which are located entirely outside the silicate structure because there are no 
depolarized bands between 900-1100cm -1 as would be expected from the vibra
tions of Mo-O-Si bands. 

The F6 + cations apparently are segregated into F -rich domains and few, if any, 
F -O-Si bonds are formed. The equilibrium constant for the reaction 

(22) 

is expected to be the largest for any group of cations. The +6 cations should be 
most strongly partitioned into the depolymerized regions of silicate melts. 

Discussion 

Theory 

The stability of highly charged cations in a silicate melt depends on their ability to 
compete with network-forming cations for available oxygen and for real or 
"potential" network-modifying cations. Potential network-modifying cations are 
those that exist as charge-balancing cations for tetrahedrally coordinated AI, 
Fe3+, B, and Ga. The key to understanding silicate melts is to establish a 
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hierarchy of interactions of network-modifying cations, principally mono- and 
divalent-cations, with F cations, Si and the trivalent network-forming cations. 

The hierarchy of interactions within each group, that is, in the M - F, M -Si 
and M - T3+ (where T3+ stands for network -forming cations of + 3 formal 
charge) groups, are relatively well founded. Calorimetric studies have established 
the sequence Cs ~ Rb, K, Na, Li ~ Ba, Pb, Sr, Ca, Mg for M-AI interactions 
(Roy and Navrotsky, 1984). There is only a limited amount of information for 
other T3+ cations. The redox ratio of iron, Fe 2+ /Fe3+, increases in the sequence 
K, Na, Li in M20-Si02 melts (Douglas et aI., 1965) and in the sequence Ba, Sr, 
Ca, Mg for MO-Si02 melts (Mysen et aI., 1984). Moreover, the redox ratio is 
approximately the same in comparable Ba and Li melts if differences in experi
mental conditions are taken into account. Since Fe3+ occurs largely as Fe 3+ 0 4 

tetrahedra in these glasses (e.g., Mysen, 1988), the redox ratio is an index of the 
charge-balancing capacity ofthese cations with Fe3 +04 tetrahedra, i.e., the lower 
the redox, the more favorable the M-Fe+30 4 interactions. If this theory is 
correct, then the charge-balancing hierarchy is K, Na, Li ~ Ba, Sr, Ca, Mg, a 
sequence already established for AI04 tetrahedra. 

The hierarchy for M-O-Si interactions is obtained from phase equilibria 
(Hess, 1977), cryoscopic measurements (Ryerson, 1985; Hess, 1980), heats of 
formation of crystalline silicates (Hess, 1980) and free energies of mixing of silicate 
melts (Hess, 1980; Blander and Pelton, 1987). The hierarchy is Cs > Rb > K > 
Na > Li > Ba > Sr > Mn2 + > Mg > Fe2 + > Co2+, a sequence that agrees 
with the more limited set obtained above. 

The interactions between M and F cations cannot be established with great 
certainty. The data for phosphates suggest that the hierarchies will more or less 
parallel the trends established above. The heats offormation of glassy phosphates 
become more positive (less favorable) as Na, Li, Ca, Zn (Jeffes, 1975). The heats 
offormation of binary crystalline phosphates (Tardy and Vieillard, 1977) norma
lized to one mole of reactants are in the sequence Cs, Rb, K, Na, Ba, Li, 
Sr, Ca, Mg, Mn2+ , Pb, Ni, where the phosphates at the end of the series are less 
stable than those at the beginning. Subsets of the same series exist also for the 
enthalpies of formation of crystalline binary tungstates, sulfates, nitrates and 
carbonates (Navrotsky, 1985; Pankratz et al., 1984). 

It is dangerous to assume without justification that the trends observed 
in the crystalline state are directly transferable to the molten state. Steric factors, 
the long range order, and the relatively few bonding options of the crystalline 
state introduce constraints that do not exist, or are muted in the liquid state. An 
increase of configurational entropy of the liquid, for example, can compensate 
for unfavorable contributions to the free energy from the heats of formation. 
Given these concerns, it is surprising that such regularities exist in the bonding 
of cations with oxygen. This statement underlies the assumptions that the inter
atomic potentials in condensed phases are dominated by short range forces 
(Gibbs, 1982). Thus, it may be possible to translate the interatomic potential for 
a given M -O-S interaction from minerals to melts. 

The patterns deduced above are not inviolate. Neighbors in the series can be 
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interchanged and local anomalies in the series no doubt exist in other systems. 
The sequence between Li, Ba and Sr is particularly prone to deviate from the 
"norm". The series does have a physical basis, however. The series from Cs to 
Mg is one of decreasing "basicity" ofthe network-modifying cation. As used here, 
basicity refers to the state of the oxygen and its ability to donate electrons to Si 
or to other highly charged For T cations. A non-bridging oxygen in a K20-Si02 

melt, for example, is coordinated to Si and K. Depending on its coordination, the 
Pauling bond strength of K will be +i to +!, whereas that of Si is + 1. 
The relatively weak K-O bond causes the Si-O (non-bridging) bond to shorten 
and strengthen. A "basic" network-modifying cation, therefore, is one that does 
not compete aggressively with more highly charged cations for the non-bridging 
oxygen. The polarization of the non-bridging oxygen (or "aspherical distortions") 
and the build-up of electrons on the Si-O bond reduces the free energy of 
the solution relative to free energy of a mechanical mixture of un polarized oxygen 
in K20 and Si02 phases. There is no one unambiguous basicity scale, but the 
ionic potential (formal charge divided by ionic radius) or Pauling bond strength 
are useful proxies. However, the coordinations of the cations in the melt must be 
determined in order to calculate these parameters. 

It follows from the above arguments that the most stable melts are those which 
contain small cations of large charge (acid cations) and large cations of small 
charge (basic cations). The Ti02-Si02 melts are unstable and have a wide field 
of immiscibility because Ti4 + and Si4 + compete about equally for oxygen. 
Adding alkali oxide to these melts creates polarized, non-bridging oxygen and 
eventually removes the two-liquid field from the liquidus. A more interesting 
question is how the non-bridging oxygen are apportioned to Ti4 + and Si4 +, and, 
in general, how Si, T3 + and F cations compete for the network-modifying cations. 

It is a worthwhile exercise to extend these ideas to the general problem of 
distributing network-modifying cations among Si and other highly charged 
cations. The distributions should create the greatest number of highly polarized 
non-bridging oxygen, consistent with the requirement that the enthalpy and 
entropy minimize the free energy of the system. The enthalpic contributions are 
most favorable when the most basic network-modifying cation combines with 
the most acid cation (see also Dowty, 1987; Navrotsky, 1985). The entropic 
contribution (considered here to be solely due to configurational effects) will 
generally counter the tendency to localize the network-modifying cations on 
specific complexes. The peralkaline effect is one manifestation of these acid-base 
interactions. The peralkaline effect is described by the homogeneous equilibrium 

SiO(K, Na) + FOF = FO(K, Na) + SiOSi (23) 

where the polarization of oxygen in the FO(K, Na) complex is sufficient to shift 
non-bridging oxygen from a Si-network to a F-based network. Phase equilibria 
and spectroscopic studies indicate that Zr4 +, Ti4 +, Sn4 +, p5+, Nb5+, As5+ and 
M06 + are capable of stealing network-forming cations from the silicate network. 
In order to parameterize the acid-base equilibria, the stability of the FOF and 
SiOSi complexes and the free energy of creating non-bridging oxygen on different 
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Q species, where Qn is now generalized to apply to F cations as well as Si, must 
be estimated. The simple rule of oxygen polarization therefore cannot be used in 
isolation and may very well give the wrong answer. This point is illustrated below. 

The peralkaline effect for Zr4 + is nicely demonstrated in both natural and 
synthetic systems (Watson, 1978; Ellison and Hess, 1986). Yet, zirconium which 
is six coordinated in peralkaline melts (Waychunas and Brown, 1985) is less acidic 
than Si according to the ionic potentials, Pauling electronegativity or Pauling 
bond strength-SiOK should then be favored over ZrOK. Clearly, it is not so 
favored. This statement would be true even for Zr in four-coordinated complexes 
if the Zr-O bond distances scale to Si-O distances. The same analysis would 
not predict the peralkaline effect for Sn4 + or Ti4 + (but would correctly predict 
the peralkaline stability ofp5 +, Nb5+, AsH and M06 +). 

The exact reason for the above situation is not clear. One possible explanation 
is that the SiOSi bond is much more stable in Si02-rich melts than are TiOTi, 
SnOSn or ZrOZr bonds. In other words, there is a large energy penalty in 
creating polymerized FOF domains in Si02-rich melts. Moreover, the addition 
of F cations (as oxides) to silicate melts polymerizes the silicate network but 
creates F complexes that are less polymerized than the original melt. Thus, there 
is a net shift of network-modifying cations from high Q silicate domains to low 
Q F domains. This shift may contribute to the energy change of reaction Eq. (24). 
Finally, the absence oflong range order in silicate melts may allow anomalously 
short and, therefore, stable bonds to form that shift the balance of the equilibria 
in the FOK direction. The postulate of a short TiOK bond in alkali silicate 
glasses is one example. This "explanation," however, begs the question, because it 
gives no insight as to why or when such bonds occur. 

Summary and Conclusions 

Some of the chemical parameters that strongly influence the geochemical be
havior of highly charged cations are reasonably well known and are summarized 
below. 

1. (K 2 0 + Na2 0)/A12 0 3 

F cations form stable complexes with monovalent cations. The highly charged 
cations are stabilized in peralkaline melts versus peraluminous or metaluminous 
melts because alkali atoms in excess of aluminum are free to complex with F 
cations. The discussion in the previous section and the evidence contained in the 
Raman spectra ofY, Zr, Nb, and Mo doped K 20-Si02 glasses (Ellison and Hess, 
1989b) indicate that the tendency to form FOK complexes is proportional to the 
charge of the F cation. Thus, the peralkaline effect should be stronger for Mo +6 

than, say, y3+. This effect has significant implications for the behavior of trace 
elements in peralkaline melts. Crystal-liquid partition coefficients for these ele
ments in peralkaline melts will be significantly lower than those of peraluminous! 
metaluminous melts under the same physical conditions-minor phases that 
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concentrate these elements, e.g., zircon, apatite, monazite, ilmenite, niobates, etc., 
are relatively late crystallizing in peralkaline melts. Such elements behave in
compatibly over a much greater range of crystallization in peralkaline melts than 
in peraluminous/metaluminous liquids. Finally, the redox state of multivalent 
cations, Fn/F(n+m), where nand m are positive integers, will decrease with increas
ing (K20 + Na20)/(AI20 3) in peralkaline liquids, e.g. 

5SiOK + 3As3+ o.330Si + t02 -+ 5AsH O.200K + 4SiOSi 

2SiOK + Sn2+ o.sOSi + t02 -+ 2Sn4 + O.2S0K + 1.5SiOSi (24) 

(e.g., Pyare and Nath, 1982). 
A knowledge of the agpaitic index (i.e., K20 + Na20/AI20 3) is required to 

predict the solubility ofF cations. But the question is, how dominant is this index? 
Also, what elements can loosen the strong bonds between alkalis and tetra
hedrally coordinated AI04 ? It is clear that Fe3+, Ga 3+, Ti4 +, Zr4 +, Sn4 + and 
pH do not compete successfully for these alkali atoms. No data is available for 
other highly charged cations, but it is possible that the + 5 and + 6 cations would 
have more success in stealing the alkalis from AI. A few elements, in fact, 
out-compete Al for alkalies, including B, F and to a lesser degree, C. Addition 
ofB20 3 under H 20-saturated conditions to the system NaAISi30 s-KAISi30 s-
H 20 leads to a reduction in the temperatures of the liquidus offeldspars but not 
of quartz (Pichavant, 1987). Moreover, the albite liquidus contracts relative to 
the more potassic feldspars. The lowering of the activity coefficient of NaAISi30 s 
is explained by an equilibrium such as 

(25) 

where B20 3 and NaB02 represent trigonally and tetrahedrally-coordinated 
boron, and the Al2Si6 0 1s is a schematic representation of an Al complex without 
charge-balancing cations. Thus, B has extracted some alkali cations, apparently 
mostly Na, from the aluminosilicate network (Burnham and Nekvasil, 1986). The 
reaction is not quantitative, however. Konijnendijk (1975) has shown that the 
addition of Al20 3 to Na20-B20 3-Si02 melts has induced the equilibrium 

(26) 

to proceed to the right. It may be concluded that there is an active competition for 
alkalies between B and Al (see also Oestrike, et ai., 1986). 

The addition of F to the H 20-saturated granite system depresses the liquidus 
and contracts the feldspar field relative to the quartz field, also the NaAISi30 s-
rich field relative to the KAISi30s-rich field (Manning, 1981). Manning (1981) 
argues that F interacts with alumino silicate ions to form aluminum-fluoride 
complexes. This interaction may be explained by the homogeneous equilibrium 

(27) 

which rationalizes the decrease in the NaAISi30 s activity coefficient and the 
increase in the Si02 activity coefficient. 

The solubility ofe02 in totally polymerized melts is very small, consequently, 
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the liquidus is only modestly depressed even at high pressures (Stolper et aI., 
1987). At constant temperature and pressure, the proportion of CO2 as C03 2 -

increases with increasing NaAI02 content along the Si02-NaAI02 join (Fine 
and Stolper, 1985). As was discussed earlier, this change may be ascribed to the 
formation of Na2C03 in the melt, where the Na is stripped from AI04 3 - units. 
This effect is not strong, however, as less than 0.8 wt% CO2 as C03 2 - is 
incorporated in albite melts at 30 kb; this is about 50% of the molecular CO2 , 

2. Phosphorus 

Trivalent cations including B, the rare earths and others, are likely to form stable 
F3+0P associations with phosphorus (and perhaps other group V cations). 
Crystal-liquid partition coefficients for these elements should be sensitive to 
the P20 S content of melts (Ryerson and Hess, 1978). Conversely, the activity of 
P20 S in silicate melts will depend on the availability of B and excess AI. The 
peraluminous effect on monazite saturation is one manifestation of the stabiliza
tion of phosphorus by trivalent cations (Ellison and Hess, 1988). The high P20 S 

contents of certain pegmatites relative to high silica rhyolites (Pichavant et al., 
1987; London, 1987) might be a reflection of high B20 3 contents and the per
aluminous composition of the pegmatite. 

The addition of P20 S to a silicate melt will affect the redox state of certain 
multivalent cations and, in doing so, influence the activity of the given metal 
oxide. For example, increasing the P20 S content of Fe-bearing peraluminous 
granitic melts increases the Fe 3+ /Fe2+ ratio perhaps through the formation of 
Fe3+P04 associations (Gwinn and Hess, in preparation). In contrast, this effect 
does not occur in peralkaline melts presumably because KFe3 +02 bonds are 
relatively more stable than Fe3+0P bonds. 

3. Titanium 

Titanium is known to form crystalline compounds with Group IV and Group V 
cations. For example, Zr, Hf, and Nb are strongly partitioned into lunar ilmenite 
and armalcolite (McKay and Wagstaff, 1985; Quick et aI., 1981). By analogy, it 
is likely that associations of (Zr, HF, Nb)OTi, or more generally, FS+OTi species, 
are stable in silicate melts. Since Ti/F5+ » 1 in most natural melts, the solution 
behavior ofthese cations will be a function of the Ti concentration and the nature 
of the MOTi associations. For example, in peraluminous melts, the associations 
of F5+ with Ti would surely be important. However, in peralkaline melts there 
must exist a competition between MOTi and F5+0Ti species that cannot be 
evaluated at this time. 

The competion between KOTi and KFe3+02 has been determined, however 
(Gwinn and Hess, 1989). By determining the saturation surface of pseudo
brookite, it was established that the content of Ti02 and Fe20 3 in peralkaline 
melts was controlled by the amount of excess K20 (K20 in excess of that needed 
to charge balance AI20 3 ). Thus, Fe3+ and Ti4 + compete about equally for the 
network -modifying alkalies. 
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4. Other F-type cations 

The homogeneous equilibria of F -type trace elements will be affected by the 
concentrations and associations of other F-type cations. For example, Schreiber 
and Balazs (1981) showed that the uranium redox equilibria were strongly altered 
by addition of Cr to the silicate melt. The prevailing redox state of an element in a 
magma directly controls how it is partitioned among crystalline phases, so it is 
very important to establish an "electromotive force series" that will order the 
interactions of multivalent cations (Schreiber, 1985). It is equally important to 
derive a series that measures the relative strengths of FOF and MOT associa
tions, and orders the interactions between F, T, and M species. 

Water dissolves in silicate melts both in molecular form and as hydroxyl ions 
produced during the reaction 

H2 0 + 0 2 - = 20H 

(Stolper, 1982). The formation of hydroxy Is depolymerizes the melt according to 

SiOSi + HOH = 2SiOH 

and should sharply alter the thermodynamic properties of both network-forming 
and network-modifying species. However, the effect on high field strength ca
tions, particularly those that are incorporated as FOF and FOM species might 
be more modest if the OH species do not directly complex with the F cations. 
Green and Watson (1982) found that the solubility of apatite was more or less 
the same in H2 0-bearing and anhydrous granitic melts at high pressure. This 
finding suggests that the chemical potential of CaOP was not sensitive to the 
depolymerization of the SiOSi structure by hydroxyl formation. Moreover, the 
peralkaline effect for Zr and P is clearly demonstrated in both anhydrous and 
H2 0-saturated melts. 

Carbon dioxide dissolves in silicate melts in both molecular form and as C03 

ions. Those trace elements that participate in carbonate formation will be stabi
lized in COrbearing silicate melts. Rare earth elements and other elements that 
are strongly partitioned into carbonate magma (Wendlandt and Harrison, 1979) 
are likely to be stabilized in CO2-bearing melts relative to CO2-free melts. 
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Chapter 6 
The Mobility of Mg, Ca, and Si in 
Diopside-Jadeite Liquids at High 
Pressures 

Nobumichi Shimizu and Ikuo Kushiro 

Introduction 

Mobilities of elements in magmas have an important bearing on quantitative 
understanding of geochemical processes. Mixing of magmas, assimilation of 
xenoliths, contamination of magmas, and interaction between magma and wall
rocks are all related to diffusive transport of elements in magmas. Diffusion also 
plays an important role in processes of crystal growth from magma. Thus, the 
determination of element mobilities in magmas has an immediate geologic inter
est and its significance is to constrain time and/or spatial scale lengths of these 
processes. 

Mobilities of elements in silicate liquids provoke more fundamental interest 
as well. How are mobilities of network-forming elements (e.g., Si and 0) affected 
by network polymerization? Does network polymerization affect mobilities of 
network-modifying cations? What are diffusion species? Do diffusion species 
change as a function of network polymerization? How does pressure affect 
mobilities of network-forming and network-modifying cations? These are ques
tions of fundamental importance since they relate element mobilities to the 
structure of silicate liquids. 

Intrinsic mobilities (i.e., self-diffusion) of elements were experimentally deter
mined in this study and an attempt is made to answer some of the questions 
raised above. 

Interpretations of mobility data in relation to other "structural" observations 
are not necessarily straightforward. For instance, the viscosity of a silicate liquid 
can be related directly to the mobility of oxygen in terms of the Eyring equation. 
Similarities in activation energies of oxygen self-diffusion and viscous flow (e.g., 
Oishi et aI., 1975, Dunn, 1982; Shimizu and Kushiro, 1984) lend support to this 
contention. However,. it is well known that the Eyring equation fails to relate 
viscosity and cation mobilities (e.g., Watson, 1979), indicating that cation motion 
could be decoupled from the bulk transport phenomena. 
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Element Mobility in Diopside-Jadeite System 193 

However, the self-diffusion data obtained here are not directly applicable to 
geochemical processes listed above because of fundamentally different diffusion 
mechanisms. For instance, in diffusive mixing of magmas, the diffusion process 
occurs in the presence of chemical potential gradients (i.e., chemical diffusion), 
in which the flux of one component is generally dependent on concentration 
gradients of all the others, and thus mobilities of individual components are 
closely related to one another. If the volume of the system is maintained constant 
during mixing, a flow of components in one direction must be compensated by 
a counter-flow of other components in the opposite direction. 

Even in a simple ternary oxide system such as CaO-AI20 3-Si02 , the compo
sitional diffusion path between two end-member compositions within the system 
is not a straight line, but a curve of S- or Z-shape (see for instance, Cooper, 1974; 
Oishi, 1965). On the other hand, self-diffusion occurs in the absence of chemical 
potential gradient through random walk-type processes, representing the in
trinsic mobility of the element. The self-diffusion data are directly applicable in 
geochemical processes involving isotopic exchange and homogenization without 
bulk flow of material. 

The diopside-jadeite system was chosen for the present study because it is a 
simple structural analog for natural magmas with varying chemistry. For in
stance, viscosity in the diopside liquid at 1 atm, 1400°C is approximately 10 poise, 
whereas the jadeite liquid at 1 atm, 1350°C has 6.3 x 104 poise (Scarfe et aI., 
1979). The range of viscosity covered in this system thus corresponds to that 
produced by variable Si02 contents in magmas ranging from olivine tholeiite to 
rhyolite. On the basis of the Raman spectroscopic data it is suggested that the 
diopside liquid has chain-like units of (Si20 6 )n 4n- as its major structural con
struction (Mysen et aI., 1982). Taylor and Brown (1979) concluded that the jadeite 
liquid has a three-dimensional network structure similar to stuffed tridymite or 
cristobalite with network-modifying Na ions occupying "channel" or "cavity" 
positions. Si02-rich magmas are considered to have a similar structure. It is thus 
suggested that the structural variation of liquids (i.e., polymerization of network 
tetrahedra) in this system corresponds to that of magmas with varying Si02 

contents from basaltic to rhyolitic. Variations of intrinsic mobilities of network 
formers such as Si, AI, and ° in this system could have direct relevance to one 
of the questions raised earlier. 

Similarly, variations of intrinsic mobilities of network modifiers (e.g., Ca) can 
be studied as a function of network polymerization as well. 

The diopside-jadeite system is interesting also in view of the pressure-induced 
viscosity change ofliquids in relation to the diffusivity change of ions. The jadeite 
liquid shows a negative pressure dependence of viscosity (viscosity decreases with 
increasing pressure) at constant temperature (Kushiro, 1976), whereas the diop
side liquid shows a positive pressure dependence (Scarfe et aI., 1979). It was 
demonstrated by the ion dynamics simulations that the diffusivities of network
forming ions in the jadeite liquid (i.e., Si4 +, Al 3+ , 0 2 -) increase with increasing 
pressure to about 200 kbar at 6000K (Angell et aI., 1982). This increase was 
confirmed by direct measurements of diffusion of oxygen in the jadeite liquid 
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at 5-20 kbar (Shimizu and Kushiro, 1984) and interdiffusion of Si4+ -Ge4+, 

and AI3+ -Ga3+ in NaAI(Si, Geh06 and Na(AI, Ga)Si20 6 liquids at 6-20 kbar 
(Kushiro, 1983). On the other hand, the diffusivity of oxygen in the diopside liquid 
was shown to decrease with increasing pressure by direct measurements at 10-
17 kbar (Shimizu and Kushiro, 1984). The ion dynamics simulations also showed 
a decrease of diffusivity of oxygen as well as silicon with increasing pressure at 
4000 and 6000 K (Angell et aI., 1987). It is evident from these studies that the 
viscosity and the diffusivities of network-forming ions are inversely related and 
that the jadeite and diopside liquids have opposite signs in the pressure-induced 
changes of viscosity and di,fTusivities of network-forming ions. It is thus quite 
interesting and worthwhile to determine where in the system the change of the 
sign from one to the other takes place. Also, the diffusivities of silicon as well as 
other cations in both the jadeite and diopside liquids have not been determined 
by direct measurements. The ion dynamics simulations were carried out at exces
sively high temperatures (i.e., 6000 and 4000 K) and the calculated diffusivities 
may include considerable uncertainties. It is, therefore, desirable to determine 
the diffusivities of cations in these liquids by direct measurements at temperatures 
closer to natural magmas. . 

Experimental 

The experimental procedures used in this study are similar to those of Shimizu 
and Kushiro (1984). For a given chemical composition, a diffusion couple was 
made of powdered glass of identical chemistry with contrasting isotopic compo
sitions. The "heavy" glass was made using mixtures of oxides (MgO and Si02) 
and carbonate (CaC03) with enriched isotopes. The 25Mg (with abundance of 
97.87 atomic %), 30Si (83.95%) and 44Ca (98.68%) were mixed with those of 
normal isotopic compositions to obtain 25Mgj24Mg, 30Si/28Si and 44CarOCa 
ratios significantly different from the normal values: 25Mgj24Mg = 0.380 (as 
opposed to 0.127 for the natural abundance ratio), 30Si/28Si = 0.245 (0.033), and 
44CarOCa = 0.280 (0.022). The heavy glass powder was first packed tightly into 
the lower-half portion of a Pt capsule and the "normal" glass powder, made from 
oxides and carbonates with normal isotopic compositions, was then loaded. The 
sealed Pt capsule was then placed in a graphite heater with tapered edges, with 
AISiMag powder as a filler. After a diffusion run, the capsule was sliced in half 
longitudinally, mounted in epoxy and polished to 0.3-micron with alpha alumina 
abrasives. 

A Cameca IMS 3f ion-microprobe was used to obtain isotope ratios as a 
function of position along longitudinal transects. A beam of negatively charged 
oxygen ions with a current of approximately 0.2 nA was focussed to a spot of 
approximately 10 microns in diameter. Positively charged secondary ions of Mg, 
Si and Ca were detected by a 17-stage Allen type electron multiplier and counted 
by a TTL counting circuit. A moderate offset (-40v) was applied to the second-
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ary ion acceleration potential to suppress interference of 24Mg160 on 40Ca 
(energy filtering; Shimizu and Hart, 1982a) and to reduce the effect of isotopic 
fractionation (Shimizu and Hart, 1982b). Typically, the isotope ratios were 
measured with precisions ranging from 0.3 to 0.5% (2 sigma). 

Based on the concentrations of the tracer isotopes (Le., 25Mg, 30Si, and 40Ca) 
calculated from the measured isotope ratios as a function of position, self
diffusion coefficients for individual elements were calculated using a diffusion 
model with a composite semi-infinite media (Crank, 1975). The solution to the 
diffusion equation is: 

C = C1 + C2 C1 - C2 f(~) 
2 + 2 er 2JDt (1) 

where C denotes the concentration of the tracer isotope at position x (measured 
from the initial interface), C1 and C2 are the initial concentrations in the right 
(x > 0) and the left (x < 0) halves respectively, D is the diffusion coefficient, and 
t the time in seconds. The diffusion coefficient D was calculated from the slope 
of a straight line given by a linearized version of Eq. (1), 

y == err-1 [2C - (C1 + C2 )] = ~ (2) 
C1 - C2 2JDt 

Because x is a distance measured from the original interface and the original 
interface was optically invisible, its position was estimated as the position corre
sponding to C = (C1 + C2 )/2. The validity of this approach was borne out by 
the fact that the locations ofthe initial interface independently estimated for Mg, 
Ca, and Si agreed with each other within the spacing of spots (less than 50 
microns) in all samples studied (see also Fig. 1). The least squares method of York 
(1969) was used to calucate the diffusion coefficients using Eq. (2) with a conserva
tive blanket error of 2% on both x and y. As shown in Table 1, the diffusion 
coefficients were determined with a standard error ranging from 2.1 % to 16% for 
Mg, 1.2% to 16% for Ca and 3.3% to 14% for Si. Table 1 also contains results of 
time study, i.e., the diffusion coefficients were determined for a given composition 
at a given set of P and T with different run durations. For instance, it is 
demonstrated that 1/5 hours were sufficient for DilOO composition at 14 kbar 
1650°C. Absence of convection was ascertained simply by the fact that three 
parallel longitudinal transects in a sample (Di100 run at 10 kbar, 1650°C) yielded 
identical diffusion profiles for all elements concerned. 

Results and Comments 

The self-diffusion coefficient was determined for Ca, Mg, and Si for diopside 
(Di 1 00), jadeite (DiO), Di60Jd40, Di40Jd60 and Di20Jd80 compositions at pres
sures ranging from 5 to 20 kbar and temperatures from 1400 to 1650°C. The 
results are summarized in Table 1. 



196 N. Shimizu and I. Kushiro 

0.4~--~--~--~--~--~----r---~--~--~--~ 

0.3 

0.2 

0.1~--~--~--~--~--~--~~--~--~--~--~ 
o 2 3 4 5 

0.3 ~--~--~--~-----r------'----r----"----""T"""--""""-----' 

0.2 

0.1 

0.0 ~ __ ...L.-__ -'-__ ~ __ ---'-__ ~ ____ '--__ ~ __ ~ __ ~ __ ~ 

023 4 5 

0.3~--~--~--~--~--~----r---"----~--""""-----. 

0.2 

0.1 

2 3 4 5 

position (mm) 



Element Mobility in Diopside-Jadeite System 197 

Table 1. Experimental results of diffusion coefficient measurements 

D(cm2jsec) 

Compo P (kb) T(°C) t (sec) Mg(+j-) Ca( +j-) Si( +j-) 

DilOO 5 1650 1200 4.60(.46j.36)E - 6 4.83(.21j.19)E - 6 7.76(.81j.62)E -7 
10 1650 720 4.46(.60j.43)E - 6 3. 79(.62j.42)E - 6 8.24(.94j.70)E - 7 
10 1650 1500 4.74(.59j.50)E-6 3.94(. 19j.17)E - 6 7.91(1.1j.92)E-7 
10 1600 1500 3.29(.07 j.07)E - 6 2.77(.36j.30)E-6 5.18(.45j.40)E-7 
10 1550 1200 2.96(.38j.28)E - 6 2.37(.1Oj.09)E-6 4.49(.28j.23)E -7 
10 1550 3600 2.61(.41j.24)E-6 2.38(.26j.19)E-6 4.22(.44j.39)E - 7 
14 1650 720 3.97(.12j.ll)E- 6 3.08(.28j.23)E - 6 7.44(.34j.30)E-7 
14 1650 2700 3.99(.39j.33)E - 6 3.48(.46j.39)E - 6 7.74(.66j.49)E -7 
17 1650 1500 3.34(.39j.29)E - 6 2.57(.lOj.09)E-6 6.64(.38j.33)E - 7 

Di60 10 1550 3600 1.57(.07 j.07)E - 6 1.74(.l1j.ll)E -6 1.67(.05j.05)E -7 
10 1650 3600 3.30(.14j.14)E-6 3.14(.14j.13)E-6 3.37(.l1j.12)E - 7 
20 1550 3600 1.38(.12j.1O)E - 6 1.39(.09j.08)E - 6 1.38(.09j.09)E-7 
20 1650 3600 2.63(.14j.13)E-6 2.25(.15j.15)E-6 3.31(.15j.l4)E-7 

Di40 10 1550 3600 8.87(.28j.28)E - 7 1.30(.05j.05)E - 6 8.92(.40j.37)E - 8 
20 1550 3600 8.35(.45j.42)E - 7 9.32(.50j.45)E - 7 7.64(.33j.30)E - 8 

Di20 10 1400 7200 1.19(.1Oj.1O)E-7 2.21(.34j.29)E-7 3.62(.38j.33)E - 9 
10 1550 3600 4.12(.27 j.24)E-7 9.49(.11j.11)E -7 2.06(.l1j.11)E- 8 
10 1650 3000 8.52(.60j.54) E - 7 1.91(.16j.14)E-6 4.92(.33j.30)E - 8 
20 1550 3600 4.34(.60j.50)E - 7 7.97(.6lj.55)E - 7 2.80(.19j.18)E-8 
20 1650 2400 1.23(.07 j.07)E - 6 1. 79(.08j.07)E - 7 7.98(.68j.59)E - 8 

DiO 6 1400 7200 1. 74(.29j.19)E-1O 
9.5 1400 7200 2.74(.40j.27)E-1O 

10 1550 5700 2.18(.l2j.lO)E-9 
16 1400 7200 5.23(.56j.40)E-1O 
16 1550 6000 3.23(.35j.32)E -9 
16 1650 3600 8.52(.89j. 77)E - 9 
20 1400 7200 8.97(. 74j.60)E-1O 
20 1550 5.26E-9* 

• Calculated from the value at 20kb, 1400°C, and an activation energy of 72 kcal/mol. 

~r-------------------------------------------------------
Fig. 1. Isotope ratios of Mg(25j24), Si(30j28), and Ca(44j40) measured as a function of 
position in typical diffusion profiles obtained for the diopside liquid run at 14 kbar and 
1650°C. Arrows indicate locations of initial interface determined as x corresponding to 
C = (C1 + C2 )j2. Note that the locations determined independently for three elements 
agree within the spacing of analyzed spots. Note also that isotope ratios at both ends of 
the charge demonstrate that a diffusion model of a composite of two semi-infinite media 
is valid for all elements. A precision of 0.5% results in error bars smaller than the size of 
the symbol. 



198 

~ 
III 10-6 

N-
E 
~ 
c 

o Ca 

o Si 

• 0 

Pressure (kb) 

N. Shimizu and I. Kushiro 

diopside liquid 
1650°C 

Fig. 2. Effect of pressure on diffusivities of Mg, Ca, Si, and 0 in the diopside liquid at 
1650°C. Data for oxygen are from Shimizu and Kushiro (1984). 

(1) The Diopside Liquid (DilOO) 

Combined with those of Shimizu and Kushiro (1984), the present results show 
that mobilities of Ca and Mg are generally 5 to 6 times greater than those of Si 
and 0 in the diopside liquid. Fig. 2 illustrates that ditTusivity of these elements 
decreases with increasing pressure and that the pressure etTect appears to be 
smallest on Si, the smallest ion, and largest on Ca, the largest ion. Although the 
physical meaning of the pressure derivative of isothermal ditTusivity (i.e., activa
tion volume) is unclear (for instance, see Watson, 1979), the observed parallelism 
between the magnitude of the pressure etTect and ionic size may indicate that the 
pressure derivative could in some way be related to the size of the ditTusing 
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species, particularly if individual ions are diffusing species in the diopside liquid. 
It has been argued that the single oxygen ion (02 -) is the dominant diffusing 
species in diverse silicate liquids, including the diopside liquid (e.g., Dunn, 1982; 
Shimizu and Kushiro, 1984; Dingwell, 1989). The decrease in diffusivity with 
increasing pressure coincides with an increase in viscosity (Scarfe et aI., 1979). 
Extrapolating trends in Fig. 2, it is concluded that at atmospheric pressure, 
Dca> DMg > Do > Dsi· Oishi et ai. (1975) reported Do> DSi in liquids in the 
system CaO-AI20 3-Si02 . This sequence is the same as that obtained by the ion 
dynamics simulations on the diopside liquid at 2.6 kbar at 6000 K (Angell et al., 
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Fig. 3. Arrhenius diagram showing the effect of temperature on diffusivities of Mg, Ca, 
and Si in the diopside liquid at 10 kbar. Activation energies calculated from the slope are 
also shown. 
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1987). However, the effect of pressure on DMg is not consistent; ~g increases to 
about 200 kbar in the simulations, whereas it decreases in the present experiments. 

The effect of temperature on ditTusivity at 10 kbar is shown in Fig. 3. The 
Arrhenius lines for Mg, Ca, and Si are subparallel with activation energies 
ranging from 34 kcalfmol for Ca to 43 kcalfmol for Si. Watson (1979) reported 
an activation energy value for Ca (34 kcalfmol) at 10 kbar, identical to the present 
result in a Na-Ca alumino silicate liquid. In addition, the activation energy for 
viscous flow of the diopside liquid at 1 atm is 37 kcalfmol (Scarfe et aI., 1979), 
similar to the values obtained above. 

(2) The Jadeite Liquid (DiO) 

Fig. 4 shows the increase in diffusivity of both Si and 0 (data from Shimizu and 
Kushiro, 1984), with increasing pressure. This increase coincides with a decrease 
in viscosity (Kushiro, 1976). The present results are qualitatively consistent with 
those of Angell et ai. (1982), who reported, on the basis of the ion dynamics 
simulation, that diffusivities of Si and 0 (together with AI) in the jadeite liquid 
increase with pressures up to 200 kbar at 6000 K. Fig. 4 also shows that the 
pressure effect is much greater on Si than on 0, and that the magnitude of the 
pressure dependence of Si diffusion is similar between 1400 and 1550°C. 

The pressure-induced increase in the mobility of network forming elements is 
coupled with a decrease in viscosity and represents a major characteristic of 
silicate liquids with an open network structure (e.g., Angell et aI., 1982). Although 
it appears "anomalous" in terms of a notion that pressure reduces interatomic 
distances, thereby reducing the mobility of atoms, the pressure-induced decrease 
in viscosity occurs commonly in silicate liquids of geologic interest, including 
natural basalts and andesites (Scarfe et aI., 1979). 

The magnitude of pressure effects on diffusion is generally related to the molar 
volume of diffusing ions. For instance, Watson (1979) pointed out that the 
activation volume of Ca self-diffusion in a Na-Ca alumino silicate liquid is close 
to the molar volume of Ca2+ ion. Angell et ai. (1987) showed that the ion 
dynamics computer simulation produced a pressure dependence of Ca diffusion 
in the diopside liquid consistent with the notion that Ca2+ is the diffusing ion 
species. As noted earlier, the present result on the diopside liquid extends this 
notion to other major element constituents. 

However, the physical significance of pressure effect is particularly unclear 
when the activation volume is negative as in Si and 0 diffusion in the jadeite 
liquid. Shimizu and Kushiro (1984) indicated that the absolute value of the 
activation volume for 0 diffusion in the jadeite liquid at 1400°C is close to the 
molar volume of 0 2 -. The present results yield an activation volume of Si 
diffusion as 16cc/mol at 1400°C and 13 cc/mol at 1550°C, again comparable to 
11 cc/mol for the molar volume of Si04 4 -, based on the ionic radius of oxygen 
of 1.4 A and the 0-0 distance of 2.56 A (Soules, 1979). 

Fig. 5 compares the effect of temperature on oxygen and silicon diffusion in 
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Fig. 4. Effect of pressure on diffusivities of 0 and Si in the jadeite liquid. Note subparallel 
pressure effects on Si diffusion at 1400°C (open squares) and 1550°C (open circles). Also 
note that the pressure effect is greater for Si than for O. Data for oxygen are from Shimizu 
and Kushiro (1984). 

the jadeite liquid. As shown previously (Shimizu and Kushiro, 1984), the activa
tion energies of viscous flow (67.3 ± 2.4 kcal/mol) and of oxygen diffusion (61 ± 
2 kcal/mol) at 15 kbar, similar to that of silicon diffusion (72 kcal/mol) at 16 kbar. 

(3) Intermediate Compositions (Di60, Di40 and Di20) 

It is clear from Table 1 that mobilities of elements decrease as the composition 
varies from diopside to jadeite. Since the degree of polymerization increases 
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Fig. 5. Arrhenius diagram showing the effect of temperature on diffusivities of 0 (at 15 
kbar) and Si (at 16 kbar) in the jadeite liquid. Data for oxygen are from Shimizu and 
Kushiro (1984). 

toward jadeite, the present results are understood as a decrease in element 
mobility with increasing network polytnerization. The result is consistent with 
the conclusion based on comparison of diffusivities of various elements between 
basic and silicic liquids (e.g., Henderson et aI., 1985). 

The composition-dependent variation in mobilities can be examined in more 
detail based on the isothermal (l550°C) diffusion data at 10 and 20 kbar. Fig. 6 
shows that at 10 kbar, Si diffusion is most (by a factor of 200 between end
members) and Ca diffusion is least dependent (by a factor of 2 from Diloo to 



Element Mobility in Diopside-Jadeite System 

10-5~--~--~----~--~--~----r---~---'----~--~ 

10-6 

~ 
~ 10-7 

E 
(.) 

is' 

10-8 

Ca 

Mg 

Si(20kb) 

Si(10kb) 

10-9~ __ ~ __ -L __ ~ ____ ~ ______ -L __ ~ ____ ~ ______ ~ 

203 

o 

Jd 

20 40 60 80 100 

Diopside (wt%) Di 

Fig. 6. Diffusivities ofMg, Ca and Si as a function of composition in the diopside-jadeite 
system at 1550°C. Data for Si at 20 kbar are also shown to illustrate an inversion of the 
pressure dependence around Di30Jd70 composition. Note that Si diffusivities for the 
intermediate compositions are greater than those expected by a linear variation between 
the Di and Jd liquids. Also note that significant difference exists in behavior of Mg and 
Ca diffusivities as a function of composition. 

Di20) on composition. As a result, the total range of diffusivities among elements 
increases toward jadeite composition with increasing network polymerization 
from a factor of 5 for Di100 to a factor of 50 for Di20. Henderson et al. (1985) 
noted a much larger increase in diffusivity ranges from basalt to pitchstone and 
pantellerite liquids. 

The variation of Mg diffusivity as a function of composition is noticeably 
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different from that the Ca. For range from Di100 to Di60, Mg diffusivity de
creases slightly more than that of Ca, but further toward jadeite composition it 
decreases much more strongly than Ca, being almost parallel to the decrease of 
Si diffusivity. This finding is in contrast to a common notion that Ca and Mg 
are network modifiers occupying network channel (or cavity) position. 

As diffusivities decrease toward jadeite, activation energies increase. At 10 kbar, 
the activation energy for Ca diffusion increases from 34 kcaljmol at Di100 and 
41 kcaljmol at Di60 to 56 kcaljmol at Di20. For Si diffusion the energy increases 
from 43 kcaljmol at Di100 and 50 kcaljmol at Di60 to 67 kcaljmol at Di20. In 
contrast, virtually no change was observed for the activation energy of Mg 
diffusion at around 50 kcaljmol. Fig. 7 shows the Arrhenius relationships for Ca, 
Mg, and Si diffusion for the Di20 composition at 10 kbar. At 20 kbar, it appears 
that the effect of composition on the activation energy is enhanced; "2-point 
Arrhenius lines" indicate increases in activation energies from 45 to 73 kcaljmol 
for Mg, 34 to 57 kcaljmol for Ca and 62 to 74 kcaljmol for Si as composition 
varies from Di60 to Di20. 

It was noted earlier that the effect of pressure on diffusivities of Si and ° has 
opposite signs for Di and Jd liquids. The Si diffusion data at 1550°C in Fig. 6 
show that an inversion of the pressure effect occurs approximately at Di30Jd70 
composition. In an analogous system, diopside-albite, Brearley et al. (1986) 
reported occurrence of a similar inversion in the pressure dependence of viscosity 
between Ab25Di75 and Ab50Di50 compositions. Furthermore, Kushiro (1981) 
also showed the existence of an inversion for the pressure dependence of viscosity 
at anorthite composition in the system CaAI20 c Si02. Although it is likely that 
these inversions (viscosity and diffusion of network-forming elements) are related 
to a critical change in the liquid structure, the exact nature of the change is 
difficult to define (see discussion below). 

It is important to note that an inversion also occurs for Mg diffusion; at 
1650°C, Mg diffusivity for Di20 increases with pressure from 8.52 x 10-7 cm2 jsec 
at 10 kbar to 1.23 x 10-6 cm2jsec at 20 kbar, whereas for Di60 it decreases from 
3.30 x 10-6 cm2jsec at 10 kbar to 2.63 x 10-6 cm2jsec at 20 kbar. 

The composition dependence of Si diffusion (Fig. 6) shows a positive devia
tion from simple additivity, i.e., Si diffusivity for intermediate compositions are 
greater than those predicted by a linear additivity. This dependence is analogous 
to the mixed alkali effect (Isard, 1969; Day 1976), composition dependence of 
viscosity in alkali silicate liquids that can be interpreted based on the configura
tional entropy theory of Adam and Gibbs (1965). The presence of two different 
alkali elements increases the number of configurations of "structural units", 
thereby increasing the configurational entropy of the system. This change results 
in an increase of probability of cooperative rearrangements of subsystems, and 
hence viscosity decreases. Furthermore, the magnitude of this effect is expected 
to increase from one endmember toward the middle of the binary composition 
and then decrease toward the other endmember. In fact, Richet (1984) reported 
that a negative deviation ofviscosity in liquids in the system K2 Si30 7- Na2 Si30 7 

at a given temperature is caused by contributions of the configurational entropy 
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Fig. 7. EtTect of composition on Si ditTusivity as predicted by equation (3) using multi
component configuration of anion species given in Table 2 as a correction term. Small 
squares denote values with A = 0.1, approximating a simple linear relationship. Solid 
diamonds denote values with A = 1.0, showing increasingly large deviations from the 
linearity toward Di, and a poor fit to the observed values (large open squares). 

to the entropy of mixing. Indeed calculated viscosities for intermediate composi
tion involving this term mimic the measured viscosities well. 

Brearley et al. (1986) reported a similar observation on the composition 
dependence of viscosity in the system diopside-albite. 

Interpretation of the composition dependence of Si diffusivity in the present 
system is complicated. Virgo et al. (1979) suggest that liquids in the diopside
forsterite-nepheline-silica system have a domain with three-dimensional network 
similar to the structure of liquids in the nepheline-silica system, and a domain 
with more depolymerized network. A similar domain structure could be expected 
of liquids in the present system, and proportions of domains change as composi-



206 N. Shimizu and I. Kushiro 

tion changes from diopside toward jadeite. A tentative interpretation of the 
observed composition dependence of Si diffusion will be presented below. 

In summary, the present results provide partial and provisional answers to 
some of the questions raised earlier. As to the effect of network polymerization 
on diffusivity of network elements, it is concluded that polymerization not only 
reduces mobility of network elements significantly, but also increases the activa
tion energy. Also noticeable is that signs ofthe pressure dependence ofSi diffusion 
are opposite between polymerized and depolymerized liquids, with the former 
showing an "anomalous" pressure induced enhancement of Si mobility. 

The effect of network polymerization on diffusion of a network modifier (Ca) 
is small as shown in Fig. 6. Henderson et al. (1985) show that except for Li and 
Na, Sr diffusion is least affected by the liquid chemistry/structure, indicating 
consistency with the present results if Ca and Sr have similar structural roles. 
The results on Mg diffusion are, however, unexpected and a speculative inter
pretation will be presented below. 

Interpretations of Results in Relation to 
the Structure of Liquids 

Some of the questions raised at the beginning of this chapter concern relating 
mobility of elements to the structure of liquids. The purpose of this section is to 
examine whether structural parameters of liquids in the present system explain 
salient features of this study. Structural parameters are abundances of network
forming anion species and network-modifying cations assigned to individual 
species to satisfy charge neutrality as calculated from the chemical composition. 
The concept behind calculations is aptly summarized in Mysen's (1988) book 
and is based on the massive recent effort on diverse silicate systems using 
spectroscopic techniques including Raman and NMR. The reader is referred to 
individual contributions given in Mysen (1988). 

A particular interest is in the composition dependence of Si mobility at 
constant P (10 kbar) and T (1550°). It is clear from Fig. 6 that Si mobility 
decreases from Di100 to DiO with "increasing polymerization." A salient feature, 
however, is, as noted earlier, that In DSi displays deviation from linearity, which 
is greater toward the middle of the system. Assuming that viscous flow is in
timately associated with network motion, it is noticeable that there is a strong 
resemblance between the present results and those of Brearley et al. (1986) on 
viscosity variation in the system diopside-albite. These authors showed that 
viscosity for intermediate compositions was lower than that expected from 
linearity. 

Table 2 contains abundances of network anion species computed by the 
Mysen (1988) method, which are used as structural parameters, and shows 
variations of anion species as a function of composition in the present system. 
As the composition varies from diopside to jadeite, three-dimensional network 
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Table 2. Mole fractions of network -forming anion species as a function of composition 
expressed as mol% diopside 

3-D network Monomers Dimers Chains Sheets 
compo (T02 ) (T04 ) (T2 0 7 ) (T03 ) (T2 O S ) LXilnxi 

Di100 0.266 0.192 0.156 0.379 0.007 -1.361 
90 0.349 0.150 0.128 0.358 0.015 -1.346 
80 0.433 0.118 0.104 0.324 0.020 -1.293 
70 0.516 0.095 0.083 0.283 0.023 -1.216 
60 0.597 0.077 0.064 0.239 0.023 -1.110 
50 0.674 0.062 0.046 0.195 0.023 -0.986 
40 0.747 0.050 0.030 0.153 0.021 -0.841 
30 0.815 0.039 0.015 0.114 0.017 -0.673 
20 0.880 0.028 0.003 0.077 0.013 -0.669 
10 0.944 0.016 0.000 0.034 0.006 -0.266 
0 1.000 0.000 0.000 0.000 0.000 0.000 

Abundances of anion species were provided by Dr B.O. Mysen, Carnegie Inst. Washington. 

species (T02) increase whereas abundances of chains (T03 ), monomers (T04 ) 

and dimers (T20 7 ) decrease. Abundances of sheets (T20 s) remain small (up to 
2 mole %) increasing from diopside to the middle of the system, then declining 
toward jadeite. 

The fundamental difficulty of relating Si mobility to the structure however, is 
that the degree of polymerization, as represented by the abundance of the 
three-dimensional network species, increases only linearly with increasing jadeite 
component and the marked non-linear behavior cannot be explained by the 
abundance of this species alone. In fact, only a mediocre relationship with a 
correlation coefficient of,2 = 0.82 was obtained between In DSi and T02. Rela
tionships with other anion species were also found to be mediocre. 

An attempt was then made to compute contributions of the configurational 
entropy to the non-linear behavior by analogy to viscosity variations in binary 
silicate systems (e.g., Richet, 1984; Brearley et aI., 1986). Based on the abundances 
of anion species for a given composition, a quantity, x In x was computed for 
each species and the sum for all species was obtained. It was found that the 
function L Xi In Xi showed a monotonous increase from jadeite toward diopside 
(Table 2). Therefore, if this function is used as a "correction" term added to the 
linearity function, such that: 

InDsi = xlnDsi(Di100) + (1 - X) In Dsi(DiO) - A L Xilnxi (3) 

where A is a constant and x is mole fraction of diopside component, Si mobility 
in the present system varies as a function of composition as shown in Fig. 7. In 
general, departure from the binary linearity increases as L Xi In Xi increases 
toward diopside (Table 2), and the In D curve approaches a simple binary 
linearity when A is sufficiently small. For finite A, it is clear that the above 
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equation produces only a very poor fit to the observed values (Fig. 7). It is 
concluded that configuration of the anion species as calculated in Table 2 does 
not explain the observed non-linearity. 

In contrast to the failure of the attempt above, the observed Si mobility (Dsi) 
for the intermediate compositions for 10 kbar and 1550° is adequately calculated 
by a formula: 

InDsi = xlnDsi(Dil00) + (1 - x) In Dsi(DiO) - B[xlnx + (1 - x)ln(1 - x)] 
(4) 

where x is mole fraction of diopside component, and B = 2.0. Note that this 
formula differs from equation (3) only in that the "correction" term (the third 
term) has a form used in explaining viscosity variation in a binary alkali silicate 
system based on the configurational entropy theory (Richet, 1984). Fig. 8 com-
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Fig. 8. Effect of composition on Si diffusivity as predicted by equation (4) using the binary 
configuration as a correction term. Diamonds denote calculated values with B = 2.0 
(approximately equal to the gas constant of 1.98). Open squares are the observed values. 
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pares Si mobility computed by equation (4) with those actually measured. The 
results suggest that the observed behavior of Si mobility is better described as a 
binary system with a "mixed alkali effect"-like correction term, rather than as a 
system with multiple anion species to form a similar mixing term. It is noteworthy 
that viscosity variations in the system diopside-albite is also well described by a 
similar binary treatment (Brearley et at, 1986), although anion speciation of this 
system undoubtedly varies in a complex multi-component fashion as in the 
diopside-jadeite system. 

Thus, there is an apparent conflict between calculated structural parameters 
(i.e., abundances of anion species and assigned cations) and the observed be
havior of Si mobility in the diopside-jadeite system. A similar discrepancy is 
indicated for the system diopside-albite in terms of viscosity. 

This discrepancy seems to suggest that transport phenomena such as viscous 
flow and diffusion of network elements could be governed by ionic motions that 
occur in molecular units different from the anionic speciation. In fact, a way to 
reconcile this apparent discrepancy is through a notion that transport phenome
na could be governed more importantly by a microscopic (or local) environment 
than by macroscopic, individual anion species. In other words, the apparently 
binary behavior of Si mobility does not indicate that the system is structurally 
binary; rather that Si diffusion occurs in subsystems, in the presnet example in 
two different subsystems with each representing local environment for end
member structure. Co-existence of these subsystems in the intermediate composi
tions increases the number of configurations of Si-bearing subsystems and thus 
enhances mobility of Si over the simple additivity. The subsystems are smaller 
in molecular unit than anion species, and their identity remains unchanged with 
varying abundances of anion species. 

Another salient feature of the present study is an inversion of the pressure 
dependence of Si mobility occurring around Di30 composition. In liquids with 
higher Di content, Si mobility decreases with increasing pressure, whereas in 
those with lower Di content Si mobility increases with pressure. Based on the 
results of Shimizu and Kushiro (1984), an inversion is also expected for oxygen 
diffusion. Brearley et at (1986) report a similar inversion for the pressure de
pendence of viscosity in the system diopside-albite and Kushiro's (1981) results 
show that an inversion also occurs for the pressure dependence of viscosity in 
the system CaAlz0 4 -SiOz around anorthite composition. Assuming again that 
viscous flow is intimately associated with network motion, the observation made 
here, and those on viscosity by other investigators, reflect critical differences in 
liquids on both sides of the inversion particularly in terms of their network 
structure. It is noticeable, however, that the inversion appears to be independent 
of NBO/T, a parameter generally considered as a measure of network poly
merization. The inversion occurs at NBO/T = 0.445 in the diopside-jadeite 
system, '" 1.2 in the diopside-albite, and 0 for the system CaAlzOcSiOz (all 
liquids in this system have NBO/T = 0). It is suggested that the pressure de
pendence of viscous flow, and Si and ° diffusion is determined by the nature of 
subsystems in which network motion takes place, rather than macroscopic anion 
speciation as indicated by NBO/T. 
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Raman spectroscopic studies of Sharma et al. (1979) and Mysen et al. (1980) 
show that the spectra of the jadeite liquid were essentially identical at various 
pressures up to 38 kbar, indicating that no constructive changes of the structure 
occurred. It follows that abundances of anion species for a given liquid would 
remain unchanged as a function of pressure, because the anion speciation is 
primarily based on deconvolution of Raman spectra. It is also noted that for 
Di20 composition, in which pressure-induced increase in Si diffusion occurs, 
activation energy of Si diffusion increases slightly from 67 kcaljmol at 10 kbar 
to 74 kcaljmol at 20 kbar. This increase would not be expected if weakening of 
T-O-T bond occurs with pressure and if it is reflected directly on activation 
energy of Si diffusion. 

Causes and mechanisms for the pressure-induced increase in network element 
diffusion (or decrease in viscosity) are still unclear; the present results and 
arguments presented above indicate, however, that the transport phenomena are 
controlled by motion of ionic units much smaller than anion species recognizable 
by the Raman spectroscopy. Identification of the subsystems is difficult, but their 
small size may be implied by monatomic diffusion species inferred in the diopside 
liquid from the pressure dependence of diffusivities of 0, Si, Ca, and Mg, diffusivi
ties of ° in the jadeite liquid and from a prevalent view of viscous flow being 
rate-controlled by oxygen self-diffusion (e.g., Oishi et aI., 1975; Dunn, 1982; 
Shimizu and Kushiro, 1984; Dingwell and Webb, 1989). 

It is much more difficult to relate Ca and Mg mobilities to the structure of 
liquids. Although a general conclusion is that cation mobilities decrease with 
increasing network polymerization, Mg mobility is more strongly affected by it 
than Ca mobility (see Fig. 6). In fact, the composition dependence of Mg mobility 
shows a significant resemblance to that of Si especially for compositions close to 
jadeite. Another feature worth reiterating here is that there is an inversion of the 
pressure dependence ofMg mobility between Di60 and Di20, very similar to that 
of Si. It was argued above that Si mobility of the present system appears to be 
controlled by the nature of molecular units smaller than anion species. It may 
then be argued that the observed similarities between Mg and Si mobilities 
indicate that Mg mobility is also independent of the anion speciation and of the 
assignment of Mg2+ to certain species for charge balancing. 

Inversion of the pressure dependence of Mg mobility is unexpected and in 
strong contrast to the fact that Ca mobility decreases with increasing pressure 
irrespective of the composition. This inversion suggests firstly that Mg and Ca 
occupy significantly different "structural environment", and secondly that the 
environment for Mg resembles that of Si. With the present diffusion data alone, 
it is not possible to conclude that Mg has a tetrahedral coordination, but in this 
context, it is noteworthy that Angell et al. (1987) concluded that Mg is tetrahedr
ally coordinated in the diopside liquid up to pressures above 50 kbar at 4000K. 

However, the similarity between Mg and Si does not appear to be universal. 
Our preliminary data on self-diffusion of Mg, Ca, Si, Ti, Cr and Zr in a synthetic 
basalt (Si02 = 52.5 wt%; Al20 3 = 16.5; Ti02 = 1.5; MgO = 12.5; CaO = 11.5; 
Na20 = 2.5; K20 = 1.0; Cr203 = 1.0; Zr02 = 1.0) show that at 1550°C Mg 
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mobility decreases from 8.5 kbar to 15 kbar pressure together with Ca and Cr, 
whereas Si, Ti, and Zr mobilities increase significantly. 

In summary, we note that relating transport phenomena (diffusion, viscous 
flow) to the structure of liquids is not simple beyond a first-order conclusion that 
network polymerization reduces transport. The difficulty arises probably be
cause transport phenomena are controlled by motion in subsystems that have 
smaller molecular units than the anion speciation recognized by Raman spectro
scopy. In this sense, it may be concluded that mobilities of elements in a given 
liquid reflect ionic interaction on local scales, especially in terms of the hindrance 
to ionic motion exerted by the Coulomb interaction. Therefore, mobility data 
could provide an "intimate" look at the structures of silicate liquids, comple
menting ion-dynamics simulation, viscosity measurements, and other types of 
approaches. 
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Chapter 7 
Thermodynamic Properties of Silicate 
Liquids at High Pressure and Their 
Bearing on Igneous Petrology 

Yan Bottinga 

Introduction 

Knowledge of the melting relations in simple binary or ternary systems contain
ing silica is required for the understanding of igneous petrology. Due to the 
pioneering efforts of petrologists like Bowen, Greig, or Kracek, we possess a 
substantial amount of information for such systems at 1 atm pressure. But at high 
pressure much less experimental data have been acquired. This paper discusses 
the application of classical thermodynamics to the few observations available on 
high pressure melting in relatively simple systems containing silica. 

In general the thermodynamic properties of silicate minerals are far better 
known than are those ofliquids with the same composition. Data that is available 
for several minerals for P = 1 atm. include: 

The entropy, enthalpy and volume; 
An isothermal equation of state, like the Birch-Murnaghan equation, that 

gives implicitly the specific volume and the isothermal compressibility as a 
function of pressure; 

The coefficient ofthermal expansion and the isobaric specific heat as functions 
of temperature. 

The Birch-Murnaghan equation may be written as 

(1) 

where the constants Ko and K~ are the isothermal bulk modulus at 1 atm and 
its pressure derivative, r = (V(O, T)/V(P, TW/3, with V(O, T) being the specific or 
molar volume at 0.001 kbar and T K. If the temperature dependence of Ko is 
known then it is possible to evaluate: 

The temperature dependence of the compressibility (Ie = -1/V(oV/oPh); 
The pressure dependence of the thermal expansion (ex = 1/V(oV/t3T)p), 

because 
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(oa/oPh = -(oK/oT)p 

The pressure dependence of the heat capacity (Cp = T(oS/oT)p), because 

(oCp/oPh = - TV(1l2 + oll/oT) 

(2) 

(3) 

Calculation with reasonable accuracy of the thermodynamic properties of crys
talline silicate compounds in the temperature interval 300 to 2500 K and for 
pressures ranging from 0 to 200 kbar can now be performed. But for silicate 
liquids, the situation is totally different, because the only information available 
is for P = 1 atm., and is limited to the molar volume VL , the entropy SL (only in 
favorable instances), the coefficient of thermal expansion (ilL) and the heat 
capacity (CPL ) • Exceptionally ilL and CPL are known as functions of temperature. 

Direct observation of the high pressure thermodynamic properties of liquid 
silicates is difficult because of the required high temperatures. But this type of 
information can be obtained indirectly from the melting temperature variation 
with pressure of crystalline silicates for which the above-mentioned data already 
exists. Direct observation, which has been used frequently before, by among 
others: Carmichael et al. (1977), Ohtani (1983), Navrotsky et al. (1982) and 
Bottinga (1985\ was used for this work. This paper discusses the properties of 
liquid Mg2Si04 , Fe2Si04 , MgSi03, Mg3Al2Si3012 and Si02, along their respec
tive melting curves in P- Tspace. The results for these stoichiometric compounds 
will be used to calculate the variation with pressure of the eutectic temperature 
in the system MgSi03-Si02, and of the partitioning of Fe and Mg between 
olivine and liquid. The final subject to be discussed is the hypothesis that silicate 
liquids produced by partial melting in the upper mantle may have a larger density 
than the residual solid material. 

Evaluation of the Thermodynamic Properties of 
Silicate Liquids Along the Melting Curve 

The Clausius-Clapeyron equation 

(dT/dP)f = !:if V/!:ifS (4) 

may be used to calculate the thermodynamic properties of liquids produced by 
congruently melting crystalline substances. In equation (4) (dT/dP)f is the slope 
of the melting point curve, and !:if V and !:ifS are the volume and entropy of 
melting, respectively. An analytical expression ofthe melting point curVe in P-T 
space facilitates the usage of this equation considerably. The Simon equation 

P = a{(T/Tot - 1} + Po (5) 

also is often used for the same purpose. In equation (5) a and b are constants, 
T and P are melting point coordinates, and To and Po are the initial values of P 
and T. The Simon equation is an empirical relation that should not be used 
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outside the P- T interval for which the melting curve is known; see also Wolf and 
Jeanloz (1984). The constants a and b are obtained by fitting equation (5) to 
melting temperature measurements at different pressures. The melting pressure 
variation with temperature is given by 

(6) 

The entropy of fusion along the melting curve can be obtainedtby integrating 

dfS(P, T) = dfS(P', T') + f: {dCp/T - d(a V)(dP/dT)f} dT (7) 

where dCp = CPL - Cpc and 

d(aV) = d(aV') + d(a2 V')dT - d(aKV')dP (8) 

In equation (8) d(a V) = aL VL - ac Vc, d(a2 V') = ai Vi - a2 V~, d(aK V') = 
aLKL Vi - acKc V~, d T = T - T' and dP = P - P'; the subscripts Land C stand 
for liquid and crystal and the prime indicates an initial, known value. Using 
equations (4, 6-8), df V(P, T) can be calculated and with equation (9) VL(P, T) 
can be computed 

where rc has been obtained with equation (1). 
Initially at P' = Po and T' = To, aL> VL> and SL' are known and a d T is selected 

for which it may be supposed that the variation of KL is negligible. Equation (6) 
allows calculation of dP and VL can be calculated with equation (9). But to do 
this, a starting value for KL , which is needed in equation (8) must be assumed. 
Using the calculated VdP, T) a new value for KL is obtained from equation (10). 

(10) 

Iteration will give a KL value (eq. 10) that differs only within permissible bounds 
from the value used in equation (8). 

The calculations began with fitting of melting data for the minerals forsterite, 
fayalite, enstatite, pyrope and p-quartz to the Simon equation (5). The computed 
constants a and b, the values for Po and To, and the quality of the fits are given 
in Table 1. Noteworthy is that of these five minerals only forsterite shows 
the melting behavior of a simple well-behaved crystalline substance; fayalite melts 
slightly incongruently at P = 1 atm., enstatite and pyrope melt also incon
gruently at P = 1 atm., and p-quartz becomes liquidus mineral at P > 6 kbar. 
The sources for the melting data also are given in Table 1. The quality of the fits 
to the data is expressed as the root mean square difference (RMS) between the 
fitted values and the observations. The RMS values are smaller or comparable 
to the uncertainty in the experimental data. 

Experimental temperatures are believed to be correct to ± 10 K (Jackson, 
1976; Davis and England, 1964) and the uncertainty in the measured pressure 
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amounts to ± 5% for 10 < P < 50 kbar. However, at higher pressures, estimation 
of the uncertainty in pressure becomes difficult because the equilibria used, for 
calibrations are not always well established. For instance Ohtani (1979) and 
Ohtani and Kumazawa (1981) have calibrated their pressure measurements by 
means of the Fayalite-Fe spinel equilibrium, determined by Akimoto et ai. (1977), 
for P < 100 kbar. But the observations by the latter authors are now believed to 
be incorrect (Navrotsky and Akaogi, 1984). 

Ohtani et ai. (1982) estimated that the temperature uncertainty in their data 
below 100 kbar amounted to ± 50 K and above 100 kbar to ± 100 K. For 
uncertainties in their pressure measurements, they reported ± 3 kbar at P = 70 
kbar and ±6 kbar at P = 140 kbar. 

The thermodynamic input data are listed in Table 2. Frequently it has been 
found that the independently determined quantities !J.f V, !J.fS and (dP/dT)f are 
not consistent with the Clausius-Clapeyron equation. There are probably sev
eral reasons for this disagreement. 

!J.f V is a small difference between two independently and often indirectly, 
obtained quantities namely, Vc and VL . Vc may not be known too accurately close 
to the melting point because of high temperature polymorphism, which is quite 
common. In addition, the coefficient of thermal expansion is usually unknown for 
T> 1100 K and its variation with temperature may be nonlinear. Usually VL 

has not been measured but calculated from partial molar volume data (Bottinga 
et al., 1982; Mo et ai., 1982). The thermal expansion coefficient for liquid silicates 
may be in error by a factor of two (Bottinga et ai., 1983). As a net result the 
accuracy of VL is not better than 1%. But even such a small error may cause a 
significant error in !J.f V, because !J.f V ranges from 8 to 16% of Vc. 

The initial value of (dP/dT)f is often poorly constrained by the available 
experimental observations, as is well illustrated by the controversy about the 
melting point of albite and the variation of the albite melting point with pressure 
for 0 < P < 10 kbar (Navrotsky et ai., 1982; Boettcher et ai., 1982). 

!J.fS may be not too well known because of premelting phenomena, as has 
been observed by Orr (1953) for fayalite. The uncertainty in !J.fS may amount to 
10%, depending on the size of !J.fS. 

This disagreement among the quantities occurring in the Clausius-Clapeyron 
equation is not limited to silicates but has also been observed for molten salts, 
see for example Clark (1959) and Kim et ai. (1972). 

The coefficients in the heat-capacity equation have been recalculated (see 
footnote to Table 2) for fayalite, because the coefficients listed in Robie et al. 
(1978) produced a larger heat capacity at high temperature than has been 
observed for liquid fayalite. 

The computations were done in steps of 10 K along the fusion curve. With 
the Simon equation, the !J.P corresponding to this temperature interval was 
calculated, and the Birch-Murnaghan equation was used to calculate VdP, T). 
The next step was the calculation of ~S(P, T) by integrating equation (7), in 
which were inserted equations (6) and (8). The specific heat and the coefficient of 
thermal expansion of the liquid were assumed to be temperature and pressure 
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Table 2. Thermodynamic data 

Mg2 Si04 Fe2 Si04 Mg3 A12 Si3 0 12 MgSi033 Si024 

Fo Fa Py En Si Dimension 

Po 0.001 0.001 40 0.001 7 kbar 
To 2163- 1490" 2073Q 1830-- 2003gg K 

Crystalline phases 
V(Po, To) 47.13b 48.42i 115.72r 33.41bb 23.45hb cm3/gfw 
ad 4.39b 2.38 i 2.338- 1.391' O.1 ii x 10-5 l/K 
CX 2 1.1 0.571 2.544 X 10-8 

CX 3 -0.492 0.1282 
S(O, To) 422- 425.7- 1149.7' 269.1 cc 166.3ii J/(gfw.K) 

Cf 227.98" 155.11k 544.95u 205.56cC 65.28ii J/(gfw.K) 
C2 .34139 3.6446 2.068 -1.28 5.529 x 10-2 

C3 -0.894 -2.9456 -8.3312 1.1926 -1.8463 X 106 

C4 -1.7446 -2.2830 -2.2977 x 103 

Ko(To) 0.8372c 0.96421 1.43v 0.7184dd 0.5631kk Mbar 
K~ 5.33d 5.401 4.5w 9.6"" 
(oK%T)p -0.16C -0.23m -0.188 -0.17- kbar/k 

Liquid phases 
V(Po, To) 50.91 " 52.lOn 134.0Y 38.77' 25.9211 cm3/gfw 
cx 8.2f 10.7· 5.65f 6.20f LOll x 10-5 l/K 
S(O, To) 4928 487.5P 1311.7Y 311.1ff 172.9ii J/(gfw.K) 
Cp 252.93h 239.25h 682.21z 167.15h 81.37ii J/(gfw.K) 

Notes 
1 (X = (Xl + (X2 T + (X3JT2. 2 Cp = C1 + C2 T + C3JT2 + C4 JT· S • 3 All solid data are for clinoenstatite. 4 All solid 
data are for p-quartz. 
a Robie et al. (1978). 
b Takeuchi et al. (1984), used V (1837 K) and extrapolated to 2163 K with the expansion coefficient calculated 
from the reported V (1873 K) and V (1673 K). 
C Sumino et al. (1979). 
d Kumazawa and Anderson (1969) . 
• Calculated with the Clausius-Clapeyron equation. 
f Calculated with the model of Bottinga et al. (1982). 
g Calculated with the ~fS(PO' To) = 70JJ(gfw.K), estimated by Stebbins et al. (1984). 
h Calculated with the model of Richet and Bottinga (1985). 
; Used the value V (0, 300) = 46.28 em3 Jgfw listed by Watanabe (1982) and the expansion data of Suzuki et al. 
(1981) to calculate V (0, 1490) = 48.15 em3/gfw. To obtain agreement with the Clausius-Clapeyron equation 
(see text), the latter value was increased by 0.55%. 
j Derived from the high-temperature expansion data of Suzuki et al. (1981). 
k Coefficients derived from the enthalpy measurements of Orr (1953), excluding the data at T > 1371 K, because 
of premelting phenomena. 
I Refitted the experimental data of Vagi et al. (1975) to the Birch-Murnaghan equation, and used the listed 
temperature derivative to calculate Ko(To). 
m Sumino (1979). 
n Calculated with the model of Bottinga et al. (1982): V(O, 1490) = 52.36 cm3Jgfw, reduced this value by 0.51% 
to obtain agreement with the Clausius-Clapeyron equation. 
o From Bottinga and Weill (1970). 
p From ~fS(PO' To) = 61.77 J/(gfw.K) (Orr, 1953), which is essentially the same as the more recent value of 
Stebbins and Carmichael (1984). 
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Table 2 (continued) 
q Ohtani et al. (1981). 
'Calculated from the data compiled by Watanabe (1982). 
'Watanabe (1982). 
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t Used S(0,298) = 266.3 Jj(gfw.K) (Haselton and Westrum, 1980) and the listed Cp coefficients to calculate 
S(0,2073) . 
• Holland (1981). 
'Calculated from Ko measured by Levien et al. (1979) and the listed temperature derivative. 
W Levien et al. (1979). 
, Calculated with Clausius-Clapeyron equation. 
Y From data for crystalline pyrope and I'1f S (Richet and Bottinga, 1984). 
, Richet and Bottinga (1984). 
a Incongruent melting point; the melting of enstatite becomes congruent at P < 2 kbar (Chen and Presnall, 
975). 
b The data of Skinner (1966) give V (0,1830) = 32.92; to obtain agreement with the Clausius-Clapeyron 
'quation this value was increased by 1.6%. 
C Calculated with data from Robie et al. (1978). 
d Calculated from Ks = 1.08 Mbar (Weidner et aI., 1978). 
e FrisilIo and Barsch (1972) . 
. Calculated with I'1f S of Stebbins et al. (1984). 
• Jackson (1976). 
b Caclulated from data listed in Birch (1966), Robie et al. (1966) and Skinner (1966). 
Estimated. 

I Richet et al. (1982). 
k Birch (1966) 
Calculated from data by Bruckner (1970) and Bucaro and Dardy (1976). 

independent. The temperature independence is compatible with currently avail
able data. The pressure independence is an unavoidable assumption because the 
thermodynamic data for liquid and crystalline silicates are not precise enough 
to permit a self-consistent computation of both IXL and KL along the fusion curve. 
Attempts were made to do this, but the calculations do not converge to physically 
acceptable variations with pressure and temperature of both IXL and KL- In other 
words, available information allows evaluation of VL and K L , but second deriva
tives of VL could not be computed. For the solid phase both IXc and Cpc were 
corrected for pressure, using equations (2, 3) and oK/oT was derived from the 
equation of state (eq. 1). Hence knowing ~fS(P, T), ~f V was calculated and 
subsequently VL(P, T) with equation (9). Finally, KL was obtained from equation 
(10). 

A Birch-Murnaghan equation was fitted to the calculated VdP, T) values; 
this fit gave the constants Ko and K~ and the derivative oK%T for a liquid 
composition. Differentiation of this Birch-Murnaghan equation provides a sec
ond way to compute KL (see Bottinga, 1985). The isothermal compressibilities 
obtained in this way were in perfect harmony with those computed with equation 
(10). 

The computations are most seriously affected by errors in (dP/dT)f and ~f V. 
As a result the calculated compressibilities may be off by a factor oftwo and the 
~f Vvalues (Table 3) by about 30%. However the ~fS, SL and VL values should 



220 Y. Bottinga 

Table 3. Thermodynamic properties of liquids along their freezing 
curves.-

T p ~ .1f V SL .1f S KLb 
(K) (kbar) (cm3/gfw) J/(gfw.K) Mbar- 1 

Mg2Si04 

2163 o. 50.9 3.8 492 70 1.9 
2173 1.9 50.8 3.7 492 70 1.9 
2273 21.8 49.4 3.2 496 68 1.7 
2373 44.3 48.1 2.7 498 64 1.5 
2473 69.5 46.8 2.2 498 59 1.3 
2573 97.6 45.6 1.8 498 53 1.2 
2673 128.8 44.4 1.4 496 44 1.1 
2723 145.6 43.8 1.2 494 40 1.0 

Fe2Si04 

1490 o. 52.1 3.7 488 62 2.0 
1570 13.7 51.3 3.4 493 58 1.7 
1670 31.3 50.3 3.0 498 53 1.7 
1770 49.6 49.4 2.5 502 47 1.6 
1870 68.5 48.4 2.1 505 41 1.5 

MgSi03 
1830 o. 38.8 5.4 311 42 4.5 
1870 3.3 38.3 5.0 314 43 4.0 
1970 12.8 37.4 4.2 320 44 3.0 
2070 24.5 36.5 3.5 326 46 2.3 
2170 38.6 35.7 3.0 331 46 1.8 
2210 45.1 35.4 2.8 332 47 1.7 

Mg3AI2Si3012 
2073 40. 134.1 18.3 1296 162 8.8 
2173 50.8 127.8 12.6 1318 164 3.7 
2273 66.6 123.2 8.7 1337 164 2.1 
2373 89.3 119.3 6.0 1349 161 1.4 
2393 94.9 118.5 5.6 1351 161 1.3 

Si02 
2003 7. 25.9 2.5 n.c.a 6.6 3.6 
2109 10. 25.7 2.3 6.8 3.1 
2262 15. 25.4 2.0 7.0 2.2 
2394 20. 25.2 1.7 7.1 1.8 
2511 25. 25.0 1.6 7.1 1.6 

a Not calculated. 
b Isothermal compressibility of the liquid. 
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Fig. 1. Relative variation (%) of the molar entropy (top part of the diagram) and molar 
volume of several silicate liquids with temperature along the melting curve. Po and To are 
the initial melting point coordinates for which the calculations were done, see Table 2. 
The liquid compositions are: forsterite (Fo, Mg2 Si04 ), fayalite (Fa, Fe2 , Si04 ), enstatite 
(En, MgSi03 ), pyrope (Py, Mg3 AI2 Si30 12), and quartz (Si, Si02). 



222 Y. Bottinga 

~ 
0 a.. 

~ 
--- -20 
~. 
1-' 
0 a.. 
~ 
'o:::J 
I 

i=' 
a: 
~ s 
x -40 
0 
0 

Fo 

-80~-----L------~----~------~----~------~~ o 100 200 300 400 500 600 

T - To(K) 

Fig. 2. Relative variation (%) of the molar volume of melting along the melting curve as 
a function of temperature, see Fig. 1. 

be accurate to 4%. The computed KL, Af V, AfS, SL and VL values along the melting 
curves are listed in Table 3 and plotted in Fig. 1 through 3. The compressibilities 
have already been discussed (Bottinga,1985), except for those of Fe2Si04 and 
Si02• For the latter substance, the logarithmic compressibility has been plotted 
against pressure in Fig. 4 together with the determination at 1 atm by Bucaro 
and Dardy (1976). The agreement between the observed value and those calcu
lated is good. 
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Fig. 3. Relative variation (%) of the molar entropy of melting along the melting curve as 
a function oftemperature, see Fig. 1. 
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Fig. 4. Logarithmic isothermal compressibility (Mbar-1 ) plotted versus pressure (kbar) 
for liquid Si02 • The point at P = 0.001 kbar was determined by Bucaro and Dardy (1976) 
by means of a light scattering technique for the temperature interval glass transition (1470 
K) to melting point of cristobalite (2003); no dependence on temperature was noted. The 
calculated results are for 2290 K. 

It is noteworthy that SL is relatively constant over a large pressure interval 
(see Fig. 1) and VL always decreases with pressure along the melting curve. A.fS 
decreases only for completely depolymerized melts, i.e. Mg2Si04 and Fe2Si04 , 

see Fig. 2 and 3. The physical interpretation of the observations will be the 
subject of a fourth publication. Geological applications of these results are 
discussed in sections III and IV of this chapter. 

Table 4 contains a compilation of the Birch-Murnaghan parameters obtained 
for the five liquid compositions. These values should not be used outside the P- T 
region for which they were derived (see Table 1). 

Eutectic Melting 

From a geological point of view, eutectic melting is far more important than 
congruent melting. Partial melting in the upper mantle is in general approx
imated by eutectic melting. The two important aspects of eutectic melting are: 
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Table 4. Birch-Murnaghan parameters for various silicate melts. 

Liquid Ko(To,Po) oK%T RMS· 
composition (kbar) Ko (kbar/K) (kbar) 

Mg2Si04 524.4 4.40 -8.2 x 10-2 4.6 X 10-3 

Fe2Si04 549.3 2.82 -8.6 x 10-2 1.1 X 10-2 

Mg3 AI2Si3 0 12 112.9 25.17 -4.3 x 10-6 3.2 X 10-1 

MgSi03 217.8 10.98 -3.9 x 10- 7 5.0 X 10-2 

Si02e 274.9 28.7 n.c.b 5.5 x 10-2 

a See footnote Table 1 
bNot calculated 
e Results are for T = 2290 K 

The variation of the eutectic temperature with pressure; 
The variation of the eutectic melt composition with pressure, while remaining 

on the eutectic melting curve. 

For the discussion of the first point, a Gibbs-Duhem equation is to be written 
for each of the phases in equilibrium at the eutectic point, namely k crystalline 
solids and one melt phase. This work will give k + 1 equations 

k 

L xijdJlij + SjdT - JjdP = 0 (11) 
i=l 

Xij is the mole fraction of crystalline phase i dissolved in phase j. The crystalline 
phases are supposed to be stoichiometric compounds, hence all Xij = 0 except 
for Xii = 1. For the melt phase: 0 < Xij < 1, and Jlij is the chemical potential of 
crystalline phase i dissolved in phase j. Sj and Jj are the mean molar entropy 
and volume of phase j. The k + 1 equations (11) contain k + 1 unknowns, namely 
the variation of the eutectic pressure with temperature (dPldT)e and the variation 
with temperature of the chemical potentials (oJlJdT)e along the eutectic line in 
P-T space. Solving the equations for (dPldT)e we obtain 

(dP IdT)e = ( - SL + 1;. XiLSiC) 1(- VL + 1;. X iL V;c) 
= L XiL(S;L - S;C)I L XiL(V;L - V;d 

i i 
(12) 

V;L is the partial molar volume of phase i dissolved in the melt. At 1 atm the 
partial molar volume of a stoichiometrically dissolved crystalline silicate phase 
in a melt is well approximated by the molar volume of the molten phase i at the 
same temperature (Bottinga and Weill, 1970). The same approximation will be 
used at high pressure and the P-T slope of the eutectic line will be calculated 
for the enstatite-quartz system. The partial molar volumes are approximated by 
the calculated molar volumes, obtained in the previous section, at the selected 
pressures and corrected for temperature with the known thermal expansion 
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Table 5. Eutectic temperatures and pressures for the system MgSi03-Si02 

Si02 MgSi03 (dPldT). 

pa T a L\Vb L\Sc L\Vb L\Sc calc. obs. 
(kbar) (K) (cm3/gfw) J/(gfw.K) (cm3/gfw) [J/(gfw.K)] bar/K barlK 

0 1820 -0.54 6.50 5.36 41.9 83 
12 1979 1.92 8.98 4.27 44.7 99 

76 

25 2070 1.58 9.51 3.52 45.6 123 
143 

• Observed by Chen and Presnall (1975) 
bdV = V,L - v'c 
cdS = SiL - SiC 

coefficients in Table 2. The partial molar entropies were calculated with equation 
(12) 

(13) 

where SiL is the molar entropy of pure liquid compound i and ~mS;L is the partial 
molar entropy of mixing for component i in the melt. This contribution to the 
partial molar entropy was evaluated by assuming ideal mixing of compositional 
units proposed by Ghiorso et al. (1983). 

The observations by Chen and Presnall (1975) and the author's results are 
listed in Table 5. The eutectic composition (19.1 mol% Si02 ) is independent of 
pressure for 0 < P < 25 kbar according to Chen and Presnall (1975). A minor 
complicating feature is that at 1 atm. enstatite does not melt congruently, but 
this aspect is ignored in this work. The agreement between observations and 
calculated results, shown by the entries in Table 5, is reasonable. 

The only other system with a well defined eutectic and for which there are 
experimental observations, is forsterite-pyrope. Combining the observations by 
Davis (1964) at 40 kbar and those by Ohtani et al. (1982) at 50 kbar provides a 
variation of the eutectic pressure with temperature of about -1000 bar/K. The 
author's results give + 110 barlK at 40 kbar and + 150 barlK at 50 kbar, 
although the calculated gradients are quite different from the experimental one, 
they are tolerated by the experimental observations because of the uncertainties 
in measured pressures and temperatures (see section II). 

An interesting aspect is that a good knowledge of the P- T coordinates of a 
eutectic provides a direct means to verify proposed models for the calculation of 
the entropy of mixing. 

The equation for computing the shift of the eutectic composition with pressure 
is more complicated. But for a two-component eutectic system it is easy to 
evaluate how the eutectic melt composition changes qualitatively with pressure, 
with equation (14) 

( dX2) Xl L\SlL\S2 (L\Vl L\V2) 
dP e = RT(o In X2Y2IoX2)(X1L\Sl + X2L\S2) L\Sl - L\S2 (14) 
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Where L\Sl = SlL - SlC' likewise for L\ V1 ; the subscript L has been omitted, and 
the remaining symbols have their conventional meaning. The usefulness of 
equation (14) resides in the fact that the sign of (dX1/dP)e is determined by the 
term (L\VdL\Sl) - (L\V1/L\Sl), as was pointed out by Prigogine and Defay (1962), 
because all other terms are positive. A good application of equation (14) has 
not been found among the silicate-liquid eutectic systems investigated at high 
pressure. 

Pressure Dependence of Partition Coefficients 

The olivine-melt Fe/Mg partition coefficient (KD ) plays an important role in 
igneous petrology. 

(15) 

where (Fe/Mg)OI is the atomic abundance ratio in olivine. The value of KD at 
P = 1 atm varies little with temperature and liquid composition (Roeder and 
Emslie, 1970; Takahashi, 1978). The effect of pressure on K D has been determined 
by Takahashi and Kushiro (1983) and Mysen and Kushiro (1977). 

With the results obtained in section II, it is possible to compute the variation 
of KD with pressure for the system forsterite-fayalite. The exchange of Fe and 
Mg between an olivine crystal and an olivine liquid can be represented by 

(Fe2Si04)L + (Mg2Si04)0I = (Mg1 Si04)L + (Fe2Si04)ol (16) 

Under equilibrium conditions 

(17) 

where L\J1.Fa is the difference between the chemical potentials of pure liquid fayalite 
and pure crystalline fayalite, and aFa is the activity of fayalite component. It is 
well know~ that to a good approximation 

(aFa)OI = (XFa)61 (18) 

and it is assumed that for the liquid phase 

(aFa)L = (XFa)i 

From equations (15 and 17 through 19) 

InKD = (L\J1.Fa - llJ1.Fo)/2RT 

and the pressure dependence of K D is given by 

8InKD/8P = {(VL - VdFa - (ti - VdFo}/2RT 

(19) 

(20) 

(21) 

where (VL - VdFo is the difference between the molar volumes of pure liquid 
forsterite and pure crystalline forsterite. 

Applying these equations and using the data of Table 2 and the results of 
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section II, values are obtained for (0 In KD/oP)1700 K of 5.7 Mbar-1 at P = 1 atm 
and 4.3 Mbar-1 for P = 35 kbar. From the fit to the observations given by 
Takahashi and Kushiro (1983) it is possible to derive that 0 In KD/oP equals 
6 Mbar-1 at 1 atm and about 5.1 Mbar-1 at 35 kbar. Taking into account the 
approximate character of these calculations, the agreement between observations 
and calculations is judged to be acceptable. For P = 67 kbar and T = 1700 K 
the author's calculations give olnKD/oP = 2.7 Mbar-1. Hence it seems that to 
a depth of 200 km in the upper mantle, the sympathetic variation of KD with 
pressure decreases slowly from about 6% per 10 kbar at 1 atm to about 3% per 
10 kbar at 67 kbar. 

Density of Silicate Liquids at High Pressure 

Several authors, including Ohtani (1983), Walker et al. (1978), Stolper et al. (1981) 
and Herzberg (1984) have argued in favor ofthe hypothesis that liquids produced 
by partial melting in the upper mantle below a certain depth are more dense than 
the residual solid material. Rigden et al. (1984) have deduced from their shock
wave experimental data for a liquid consisting of 36 mol% CaAl2Si20 s and 
64 mol% CaMgSi20 6 at T> 1673 K that this liquid will be more dense than an 
equilibrium assemblage of crystalline phases with the same bulk composition at 
pressures greater than 150 kbar. The far-reaching consequences ofthis hypothesis 
are impressive, see Rigden et al. (1984). 

Besides the experiments by Rigden et al. the only independent evidence in 
favor of this hypothesis is that the Birch-Murnaghan equation for liquid basalt, 
proposed by Stolper et al. gives liquid densities at depths greater than about 
150 km in the upper mantle that are in excess of seismologically and mineralogi
cally derived values for that region. From a thermodynamic point of view it is 
noted that the melting curves for all investigated mantle minerals show a positive 
(dT/dP) J slope; for these volatile-free minerals, IlJ S > 0 and hence IlJ V> O. 
These minerals include forsterite (0-150 kbar) (Ohtani and Kumazawa, 1981; 
Davis and England, 1964), fayalite (0-70 kbar) (Ohtani, 1979), Fe-spinel (70-
140 kbar) (Ohtani, 1979), enstatite (0-50 kbar) (Boyd et aI., 1964), pyrope (40-
100 kbar) (Ohtani et aI., 1981), diopside (0-50kbar) (Boettcher et aI., 1982; 
Williams and Kennedy, 1969) and jadeite (23-49 kbar) (Bell and Roseboom, 
1969). 

However, partial melting in the mantle is not congruent, and incongruent 
melting offers at least two ways for producing melts denser than the solid phases 
with which they are in equilibrium. In eutectic systems with solid components 
having positive sloping melting curves, the eutectic may have a negative slope in 
P- T space if the eutectic temperature is much smaller than the melting point(s) 
of one or more of the solid component (s). In such a system, in spite of the 
positive volume of melting of the solid components, the difference between the 
partial molar volume of one of the components in the liquid phase and its molar 
volume as a crystalline phase in equilibrium with the melt is negative. ThIS 
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possibility exists because the thermal expansion of the liquid is nearly always 
significantly greater than that of the solid. 

Partial fusion of mineral solid solutions may also give rise to liquids which 
are denser than the residual solid material in equilibrium with the liquid. This 
condition may be the result of FejMg disproportionation between the liquid 
and the solid phases causing the liquid to be enriched in Fe. This phenomenon 
takes place in the earth. Moreover Fe-containing liquids are more compressible 
than liquids in which all Fe is replaced by Mg. The compressibility of liquid 
fayalite is greater than that ofliquid forsterite at the same pressure and tempera
ture, as can be seen from the results given here for fayalite and forsterite (Table 3). 

Conclusions 

One aim of this chapter was to show that experimental observations on simple 
well defined systems are really indispensable for the acquisition of general knowl
edge of petrological interest. Besides the essential thermodynamic information 
discussed here it is also possible to obtain structural information indirectly, as 
was shown in Bottinga (1985). In this connection, a precise determination of the 
anorthite melting curve for 0 < P < 15 kbar would be very helpful for the study 
of possible changes in the coordination of aluminum in silicate liquids. 

The author's survey of the petrological literature has shown that very few 
measured data are available on the P, T dependence of eutectic points in simple 
silicate systems. The importance of studying eutectic systems has already been 
pointed out by the late George Kennedy, see for example Kim et al. (1972). Here, 
attention has been drawn to the fact that such a study can be very useful for 
verifying entropy of mixing models for liquid silicates (see section III). 

It is now common for authors of papers on experimental metamorphic petrol
ogy to deal also with the thermodynamic consistency of their observations. Prior 
to 1960 such discussions were rare, but in igneous petrology this aspect is still 
frequently neglected. Typical of such discussions are the observations on the 
fayalite-spinel transformation in section II. 
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Chapter 8 
The Relationship Between Activities of 
Divalent Cation Oxides and the Solution of 
Sulfide in Silicate and Aluminosilicate 
Liquids 

Christopher D. Doyle 

Introduction 

At oxygen fugacities below those of approximately the nickel-nickel oxide buffer, 
sulfur dissolves in silicate and aluminosilicate liquids by the gas-melt anion 
exchange reaction, 

0 2- melt + 0.5S2gas = S2- melt + 0.502 gas (1) 

(Fincham and Richardson, 1954; Richardson and Fincham, 1954; Katsura and 
Nagashima, 1974; Connolly and Haughton, 1972). The corresponding equi
librium constant, K 1 is given by 

(2) 

where CS' (the molar sulfide capacity) is the sulfide content of a silicate melt 
that is normalized (Doyle, 1983) to account for the effect of the composition of 
the coexisting gas, ai and Yi are activity and activity coefficient for corresponding 
component i in the melt, respectively; J;-fugacity of component i in the equi
librium gas. 

In their pioneering study, Fincham and Richardson (1954) demonstrated that 
CS' in MO-Si02 melts varied markedly with change of the divalent cation M at 
constant mole fraction of silica. Consequently, many later investigators have 
tried to relate changes of the activity of a divalent cation oxide to the composi
tional dependence of CS in the same liquids (Kalyanram et aI., 1960; Carter and 
Macfarlane, 1957a,b; Abraham et aI., 1960a,b; Richardson, 1963; Sharma and 
Richardson, 1965, Haughton et aI., 1974; Doyle, 1983). 

This paper presents a simple model for the mixing of silicate and aluminosili
cate melts that predicts the observed relationship between the solution behavior 
of divalent cation oxides and the corresponding variations of the molar sulfide 
capacity. The generated short equations are shown to account readily for the 
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available data on simple silicate liquids in the system Si02-MnO-(Mg,Ca)0. 
These relationships are then extended to natural melts. 

Theory-The Ideal Mixing Model 

Activities of Divalent Cation Oxides 

In this study, a magma is assumed to consist of a variously interconnected 
silicate and aluminosilicate polymeric network that encloses positions or sites 
on which the divalent cations are randomly distributed. The predictions of this 
simple ideal mixing model are best visualized using the hypothetical ternary 
system Matrix-MO-NO (Fig. i). The component termed Matrix refers to every
thing in these melts other than the divalent cation oxides MO and NO. A series of 
liquids, such as A-t-B (Fig. 1), that have the same mole fraction of Matrix 
(XMatrix = 1 - X MO - X NO ) are assumed to be structurally similar. Therefore, 
according to the above hypothesis, the activities of the end-member pseudobi
nary melt components (A and B) equal their mole fractions in the ternary liquid t. 
However, the activities of MO, NO and Matrix do not equal their mole fractions 
but instead must obey simple relations in the compositional range A-B. 

In this model, the formation of ternary liquid t from the binary melts A and B 
occurs with no enthalpy or volume of mixing and the entropy of mixing is solely 
configurational arising only from the random distribution ofthe divalent cations. 
Therefore, the molar Gibbs function, Gt, for the ternary liquid is 

Gt/RT = (m/(m + n))GA/RT + (n/(m + n))GB/RT + Gmix/RT, 

= (m/(m + n))[slna~atrix + (m + n)lna~o] + 
(n/(m + n))[slna~atrix + (m + n)lna~o] + 
[(m/(m + n))ln(m/(m + n)) + (n/(m + n))ln(n/(m + n))] (3) 

where the superscripts refer to the liquids A, B, and t, Gmix is the Gibbs function 
for the ideal mixing of these melts and m, n, and s are the mole fractions of M 0, 

Matrix 

Fig. 1. Hypothetical ternary system Matrix-MO-NO. 
A~-----<I>-------\B The component termed Matrix refers to everything in 

MO 

these melts other than the divalent cation oxides MO 
and NO. The composition '1' represents a melt lith the 

NO same mole fraction of Matrix as liquids A and B. 
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NO and Matrix respectively in ternary liquid t. Use of the well-known relation 
between Gt and aJ.t.o at constant temperature and pressure, 

InaJ.t.o = Gt/RT + (1 - m)(o(Gt/RT)/om)n/s 

yields the activity of the divalent cation oxide MO in ternary melt t, 

aJ.t.o = a~o(m/(m + n))(a~atrix/a~atriX)'n/(m+n)2 

(4) 

(5) 

However, if the anionic natures ofliquids A, B, and t are unaffected by the M-N 
substitution then aMatrix is constant in the pseudobinary A-B. Using this simple 
assumption, the activity of MO in the melt t is 

(6) 

where (M/(M + N)) is the fraction of the divalent cations that is M. Because N 
can be one or more divalent cations, this relation can reasonably be expected to 
hold for a variety of silicate and alumino silicate systems. 

The Solution of Sulfide 

If the melt t (Fig. 1) is placed in a furnace and allowed to equilibrate with a 
sulfur- and oxygen-bearing gas then a small concentration of sulfide will dissolve 
in the liquid provided that the oxygen fugacity is below that of the nickel-nickel 
oxide buffer (Fincham and Richardson, 1954; Richardson and Fincham, 1954; 
Katsura and Nagashima, 1974; Connolly and Haughton, 1972). If the sulfur 
content remains low, the S2- ions can reasonably be assumed to be randomly 
distributed within the anionic network of the liquid. If these sulfide anions are 
affected by a 'regular-solution' type interaction with the ideally-mixed divalent 
cations (M2+ and N2+) then the molar excess Gibbs function (GXS) (Hildebrand 
et at, 1970) of the ternary melt t is 

In this equation, WMS and WNS are the molar coefficients for the interactions of 
the S2- ions with the M2+ or N2+ cations respectively and As is the anion 
fraction of sulfide (i.e. the fraction ofthe network that is sulfide). The correspond
ing activity coefficient of sulfide ions (')'S2-) at constant temperature and pressure 
can be calculated from GXs using the relation, 

(8) 

The partial differentiation takes place with no compositional change on the 
divalent cations sites and, with the exception of sulfide, the ratios of all anionic 
species in the melt remaining constant. Combination of the two previous equa
tions yields 

In ')'S2- = (1/RT) [WMs(M/(M + N)) + WNs(N/(M + N))] (9) 
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Therefore, the solution of sulfide is predicted to obey Henry's law because the 
activity coefficient YS2- is independent of As. However, YS2- is predicted to vary 
exponentially with the divalent cation fractions. Analogous equations for the 
activity coefficients of M2+ and N2+ indicate that the divalent cations are 
hardly affected by the interactions if the sulfide concentration is small. 

Combination of Eq. (1) and (9) yields the molar sulfide capacity in melt t 
(CS':!), given by 

log CS':! = 10g[As(fo'/fs,)o.S] 

= (1/2.303RT) [WMs(M/(M + N)) + WNs(N/(M + N))] + log(Kla~2-) 
(10) 

where ab2- is the activity of oxide ions in the melt t. However, a02- is buffered 
by the condensation reactions between the silicate and alumino silicate polymers 
in the network and is expected to be constant in the structurally similar melts 
A, Band t (Fig. 1) (Toop and Samis, 1962a, b; Masson, 1965, 1977; Hess, 
1971, 1977). Therefore, writing similar equations for log CS' in the liquids A and 
B it is readily shown that, 

10gCS':! = (M/(M + N)) log CS':A + (N/(M + N))logCS':B (11) 

This relation (known as the Flood-Grjotheim equation (Flood and Muan, 1950; 
Flood and Grjotheim, 1952, 1953)) predicts that log esm varies linearly in the 
pseudobinary A-B (Fig. 1). 

Simple Silicate Liquids 

The purpose of this section is to show that the available data on activities of 
divalent cation oxides and molar sulfide capacities in geologically interesting 
simple silicate liquids are consistent with the predictions of Eq. (6) and (11) 
respectively. In these melts the component termed Matrix (Fig. 1) is Si02 • 

Activities of Divalent Cation Oxides 

The available measurements of the activity of MnO in melts with constant mole 
fraction of silica in the systems Si02 -MnO-MgO at 1923 K and Si02-MnO
CaO at 1773 and 1923 K are shown in Fig. 2 (Abraham, 1959; Abraham et at, 
1960a; Mehta and Richardson, 1965; Gaskell, 1974). These pseudobinaries are 
chosen because accurate data on aMno are available over most of the composi
tional range. Though small variations do occur, these measurements are in good 
agreement with the predictions ofEq. (6). This agreement strongly suggests that 
the divalent cations mix essentially ideally on the sites that they occupy in the 
liquids of these simple silicate systems. 
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Fig. 2. Variation of the activity of MnO with change of the divalent cation fraction of 
manganese at constant mole fraction of silica in the ternary systems Si02-MnO-MgO 
(a) at 1923 K and Si02-MnO-CaO (b) at 1773 and 1923 K. The standard state is solid 
'MnO'. The data are from Abraham (1959), Abraham et al. (1960a), Mehta and Richardson 
(1965) and Gaskell (1974). The hexagons represent interpolated data from the respective 
silicate binary systems. 
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Fig. 3. Variation of the logarithm of the molar sulfide capacity (log Cs) with change 
of the divalent cation fraction of manganese at constant mole fraction of silica for 
approximately the same pseudobinary systems shown in Fig. 2. The data are from 
Fincham (1953), Davies (1955), Abraham (1959), Kalyanram (1959) and Sharma (1963). 
The hexagons represent interpolated data from the respective silicate binary systems. 
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The Solution of Sulfide 

The corresponding determinations of CS' in approximately the same liquids are 
shown in Fig. 3 (Fincham, 1953; Davies, 1955; Abraham, 1959; Kalyanram, 1959; 
Sharma, 1963). Present knowledge of the constitution of the network of silicate 
liquids precludes determination of the anion fraction of sulfide (As). Therefore, 
Cgm is calculated by assuming that As is given by the molar ratio 

As = (S/Si02 + S)). (12) 

The data are clearly in good agreement with Eq. (11). Furthermore using Eq. (10), 
the molar interaction coefficients are essentially constant [(WMnS - WMgS) = 
- 57 ± 5, - 60 ± 4 and - 64 ± 4 KJ /molfor the data in order of increasing silica 
content on Fig. 3a; (WMnS - WCaS) = 47 ± 3 (1773 K) and -42 ± 4 (1923 K) 
KJ/mol for the data on Fig. 3b]. The demonstrated log-linearity and the simi
larity of the estimates for the interaction coefficients suggest that the proposed 
simple model is a good one. 

Multicomponent Aluminosilicate Liquids 

Activities of Divalent Cation Oxides 

The ideal mixing model has recently been applied to the study of the composi
tional dependencies of the activities of divalent cation oxides in natural liquids. 
Doyle and Naldrett (1986) investigated variations of aFeO at 1600 K in three 
ternary aluminosilicate systems (Fig. 4), of the type Matrix-FeO-MgO, that 
contain synthetic analogs of standard diabase W-1 (C1, Fig. 4A), MORB (C2, 
Fig_4B) and high-Ti02 mare basalt 74275 (C3, Fig. 4C) respectively. Using the 
ideal mixing model, the activity of FeO in a ternary liquid is given by 

a}":8ary = ar.sofree(Fe/(Fe + Mg)), (13) 

or conversely, 

ar.sofree = a~e:8arY((Fe + Mg)/Fe). (13a) 

These relations are directly analogous to Eq. 6 and, therefore, their derivation 
requires a similar set of assumptions. Using Eq. 13a, the data from within each 
ternary are projected into the corresponding Mg-free binary in Fig. 5. Clearly, 
the binary (filed symbols in Fig. 5) and the projected ternary data from the 
different isoactivity curves (open symbols) are in excellent agreement with the 
predictions of the ideal mixing model at constant XMatrix- These results strongly 
suggest that the divalent cations of ferrous iron and magnesium mix ideally on 
the sites that they occupy in the melts of the ternaries. 

In a similar study, Doyle and Naldrett (1987) investigated the compositional 
dependence of aNiO at 1673 K in a ternary system, of the type Matrix - NiO-MgO, 



Fig. 4. Three Matrix-FeO-MgO 
aluminosilicate systems contoured 
for the activity of ferrous oxide 
(±O.OI5) at 1600 ± 2 K. The 
standard state is liquid Feo.9470 
(Doyle, 1988). Runs performed at 
the same a FeO have the same 
symbol. Filled and open symbols 
represent runs from starting mater
ials that were initially richer and 
poorer in FeO respectively. The 
Matrix components were prepared 
such that compositions Cl, C2 and 
C3 (on Fig. 4A, 4B and 4C respec
tively) are chemically similar to 
standard diabase W-l, MORB and 
high-Ti02 mare basalt 74275 re
spectively. The numbers next to 
each curve on these diagrams are 
aFeO x 100. 
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Fig. 5. Activity of ferrous oxide plotted against mole fraction of Matrix for the Mg-free 
binaries of the ternary systems shown in Fig. 4 (4A corresponds to 5A and so on). The 
standard state is liquid Feo.9470 (Doyle, 1988). The filled symbols are the data for the 
Mg-free binary liquids. The open symbols represent data projected to the binary from 
within the corresponding ternary using Eq. (13a). The symbols are the same as in Fig. 4. 

that contains a synthetic analog of standard diabase W-l (C4, Fig. 6). Using the 
relation, 

(14a) 

the data from the three isoactivity curves in Fig. 6 are projected to the Mg-free 
binary in Fig. 7. Because they coincide to produce one line, this strongly suggests 
that the divalent cations of nickel and magnesium are randomly distributed on 
the sites that they occupy in the ternary melts. 

In both the above studies, each of the investigated ternary systems (Fig. 4 
and 6) contains a melt composition (C1-C4) that has a close chemical similarity 
with a geologically important mafic rock type. Because the ideal mixing hypoth
esis clearly holds for the data in Fig. 4 through 7, it was concluded that this 
model is also valid for the mafic magmas concerned. 

Doyle and Naldrett (1986) and Doyle (1988) extended the ideal mixing hypoth
esis to account for all the available data on the activity of FeO in petrologically 
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Fig. 6. Matrix-NiO-MgO aluminosilicate system contoured for the activity of nickel 
oxide (±5%) at 1673 ± 2 K. The standard state is solid NiO (Doyle and Naldrett, 1987). 
Runs performed at the same aNiO have the same symbol. Filled and open symbols represent 
runs from starting materials that were initially richer and poorer in NiO respectively. The 
Matrix component was prepared such that composition C4 is chemically similar to 
standard diabase W-1. 

Fig. 7. Activity of nickel oxide plotted against mole frac
tion of Matrix for the Mg-free binary of the ternary system 
shown in Fig. 6. The standard state is solid NiO (Doyle and 
Naldrett, 1987). The binary data are represented by filled 
symbols. The remaining data are projected to the binary 
from within the ternary using Eq. (14a). The symbols are 
the same as in Fig. 6. 
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Fig. 8. Sexternary system [Si02-(Na, K)AI02-CaAI2Si20 s- Ti02]-FeO-(Mn, Mg, 
caex)O that contains the compositions of most metaluminous rocks. The system is 
drawn as two triangles combining all the Matrix components (a) to form a Matrix-
FeO-(Mn, Mg, CaeX)O ternary system as shown in (b). The Matrix is drawn as a triangle 
by projecting the silica apex so that Si02 plots in the same position as (Na, K)AI02. In 
this way the ranges of x~:trix and X~~iX ofkomatiites (kom), alkali basalts (alk), tholeiites 
(tho), high-alumina basalts (hi-al) and high-Ti02 mare basalts (lunar) are clearly illu
strated. No attempt has been made to distinguish these magma types according to their 
(X~~I.rfQAIO,./X~~~ix) though it is an important variable (Doyle, in 1983). 

interesting melts. These authors considered that metaluminous liquids lie in 
ternary systems of the type Matrix-FeO-(Mn,Mg,CaeX)O (i.e. M = Fe and 
N = (Mn + Mg + CaeX) in Fig. 1). The Matrix component of a particular melt 
is made up off our constituents, namely Si02, (Na, K)AI02 , CaAl2Si20 s (An) and 
Ti02 (Fig. 8). The term CaexO (above) thus refers to the calcium remaining after 
a portion is allotted to form CaAl2Si20 s (An). A particular Matrix-FeO
(Mn, Mg, CaeX)O ternary is specified by the mole fractions of the constituents in 
its Matrix component (i e by specifying x~atrix xMatrix xMatrix and xM.atrix) 

• • S102' (Na,K)Al~' An TI~ • 

The model is based on the well-known observations that Si02- NaAI02-
'KAI02-CaAI2Si20 s liquids are completely polymerized. (Seifert et aI., 1982; 
Taylor and Brown, 1979a,b; Mcmillan et aI., 1982; Henderson et aI., 1985). 
Therefore, these four constituents make up the anionic network of a magma. 
Finally, Ti02 is a unique Matrix constituent whose role in magma is poorly 
understood. 

Recently, Doyle (1988) refined this model by adding two further simplifying 
assumptions. First, because Ti02 contents of most terrestrial magmas are 
low (X~i'g~iX '" 0), he argued that data from the system [Si02-(Na, K)AI02-
CaAI2Si20s]-FeO-(Mn, Mg, CaeX)O could be extrapolated to natural liquids 
(Fig. 8). Second, substitution of NaAI02 for KAI02 was assumed to have a 
negligible effect on the anionic nature of a magma (i.e. Na and K also mix ideally) 
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(Belton et al. 1974; Rammensee and Fraser, 1982; Fraser et aI., 1985; Hervig 
and Navrotsky, 1984; Roy and Navrotsky, 1984). Using these assumptions, a FeO 

in magma can be predicted from data for [Si02-KAI02-CaAI2Si20s]-FeO 
(SKAnF) liquids using 

(15) 

This rearrangement of Eq. (6) is valid provided that the magma and the SKAnF 
liquid have the same mole fraction of Matrix (XMatrix = I - X FeO - X MnO -

X X) X Matrix d xMatrix (F' 8 'th xMatrix 0) 
MgO - Ca"O, (Na,K)Alo, an An Ig. WI Tio, = . 
Doyle (1988) performed experiments at 1600 K on melts in the system [Si02 -

KAI02-CaAI2Si20s]-FeO and then used Eq. (15) to calculate activities ofFeO 
in multicomponent magmas. Using this method, calculated values of aFeO at 1600 
K for the 218 multicomponent melts from Doyle and Naldrett's (1986) study are 

Fig. 9. Plot of calculated aFeO (aF:~) versus measured 
aFeo (a~:o) at 1600 ± 2 K for the multicomponent melts 
from the study of Doyle and Naldrett (1986). The stan
dard state is liquid FeO.9470. The calculated values are 
determined using Eq. (15) and Doyle's (1988) data for 
[Si02-KAI02-CaAI2Si20s]-FeO liquids at 1600 ± 2 
K. The indicated compositions are synthetic analogs of 
standard diabase W-l, MORB and high-Ti02 mare ba
salt 74275 respectively (see Fig. 4). 
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compared with the measured values from Fig. 4, also at 1600 K, in Fig. 9. The 
dashed curves indicate the error bar for the experimental determinations of aFeo. 
The agreement of the calculated and measured activities is excellent. Therefore, 
the proposed simple model for the mixing of the components of molten magma 
is concluded to be a good one. 

The Solution of Sulfide 

Because the ideal mixing model has been so successful in predicting the solution 
behavior of divalent cation oxides in magmas, this model is also likely to provide 
a good base for studies of the solution of sulfide in petrologically interesting melts. 
Therefore, by direct analogy to the derivation of Eq. (11), the logarithm of the 
molar sulfide capacity (log Csm) in a magma is given by 

10gCS' = (Fe/(Fe + Mn + Mg + CaeX) log CS':Fe 

+ (Mn/(Fe + Mn + Mg + CaeX) log CS':Mn 

+ (Mg/(Fe + Mn + Mg + CaeX)logCS':Mg 

+ (Caex/(Fe + Mn + Mg + CaeX) log CS':Ca<x (16) 

where terms of the type CS':i refer to the value of Csm in the liquid in which the 
only divalent cation is j. This relationship is strictly valid only for melts with the 
same Matrix composition, that are structurally similar (same XMatrix) and thus 
have essentially constant a0 2- over the entire compositional range. 

Unfortunately, no study has ever contoured for log CS' a ternary aluminosili
cate system, of the type shown in Fig. 1, that contains a synthetic analog of a 
natural liquid. However, by assuming that (1) the ferrous iron term in Eq. 16 
is dominant, (2) the activity of oxide (ao2-) is essentially constant in many 
natural liquids, and that (3) the anion fraction of sulfide (As) can be approximated 
by the molar ratio 

As = S/(Si02 + (Na,K)AI02 + CaAl2 Si20 g + Ti02 + S), (17) 

all of the available data on log Csm for mafic and ultramafic (XMatrix = 0.40 - 0.70, 
XMatrix - 0 53 0 90 xMatrix - 0 0 0 20 xMatrix - 008 0 33 xMatrix Si02 -. -. , (Na,K)Alo, - • - • , An -. -. , Tio, = 
0.0 - 0.23) aluminosilicate liquids at 1473 and 1523 K are plotted against Fe/ 
(Fe + Mn + Mg + CaeX) in Fig. 10 (Haughton, 1970; Haughton et aI., 1974 
(series I and II); Buchanan and Nolan, 1979; Danckwerth et aI., 1979). Clearly, 
some scatter occurs indicating that the above assumptions are not completely 
valid. Howev~r, the approximate linearity of the data at both temperatures 
suggests that the proposed model for the solution of sulfide holds in natural melts. 
Indeed, the similarity of the estimates for WFeS (72 ± 7 Kl/mol at 1473 K and 
85 ± 9 Kl/mol at 1523 K) calculated using the regression lines to the data for 
the widely varying compositions in Fig. 10 suggests that this simple approach 
warrants further testing. 



Activities in Magma 

o 

1473K 

0-5 1 ex 
Fe/(Fe+Mn+Mg+Co ) 

245 

Fig. 10. Variation of the logarithm of the molar sulfide capacity (log C;) with change of 
the divalent cation fraction offerrous iron (Fe/{Fe + Mn + Mg + CaeX ) for all the avail
able data on mafic and ultramafic (X Matrix = 0.4 - 0.7, X::g;ix = 0.53 - 0.91, x~~t.'k)Alo, = 
0.0 - 0.20, x~trix = 0.08 - 0.33, X~~iX = 0.0 - 0.23) alumino silicate liquids at 1473 and 
1523 K (inset). The data are from Haughton (1970), Haughton et al. (1974, Series 1 and 
II), Buchanan and Nolan (1979) and Danckwerth et al. (1979). The one standard deviation 
limits of Buchanan and Nolan's experiments on DB/3, DB/8 and PAL-685 at 1473 K are 
shown by the symbols (I), (e) and (I) respectively. The regression lines to the data are 
shown as zones consistent with the estimated uncertainty in the data. 

Summary 

In this study, a model for the ideal mixing of silicate and aluminosilicate melts 
has been proposed that accounts for the available data on the activities of 
divalent cation oxides in both simple silicate and multicomponent aluminosili
cate liquids. The model has been extended to predict the compositional de
pendence of the solution of sulfide in geologically interesting melts. The deve
loped simple relationships account for the observed variation of the molar sulfide 
capacity (Csm) in melts of the system SiOrMnO-(Mg,Ca)O and to a first 
approximation predict the variation of Cs in mafic and ultramafic alumino silicate 
liquids. 
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Chapter 9 
Thermodynamics of the Liquidus in the 
System Diopside-Water: A Review 

Leonid L. Perch uk and Ikuo Kushiro 

Existing Experimental Data 

Boyd and England (1963) studied melting of diopside under dry conditions up 
to pressures of 50 kbar. Boettcher et al. (1982) corrected these data below 30 kbar. 
Eggler (1973) was the first to study the system diopside-water up to a tempera
ture of 1430°C at a pressure of20 kbar. Hodges (1974) published data at the same 
pressure up to 1500°C. Rosenhauer and Eggler (1975) repeated Hodges's runs at 
20 kbar and discovered a large difference in composition of the system at the 
univariant point (see Table 1). These authors did not discard their own data three 
years later (Rosenhauer and Eggler, 1978). Eggler and Burnham (1984) reported 
data on the liquidus of the system diopside-water studied in a gas vessel at a 
pressure of 2 kbar. Table 1 compiles the present day data on the water-saturated 
liquidus. 

Perchuk et al. (1988) reported new data on the diopside-water system. The 
isobaric sections of the system were thoroughly studied at pressures of 10,15,20, 
and 25 kbar (see Fig. 1) using a solid media piston cylinder apparatus with soft 
ceramic parts and specially designed graphite heater (Kushiro, 1976). The experi
mental methods are reported in more detail in the paper by Perchuk and 
Kushiro (1985). Diopside glass and crystals were used as starting materials. The 
accuracy of the water amount loaded in 2-mm diameter capsules was estimated 
to be ± 1 wt%. Two to five capsules with different water contents were loaded 
in one assembly, depending on its diameter, for each particular run. The most 
consistent data on the liquidus at given T and P in the course of a run were 
obtained using this approach. For example, the position of the liquidus at a 
pressure of 20 kbar was corrected: 10 data points of Rosenhauer and Eggler (1975) 
were supplemented by 15 new ones. As a result, the liquidus shows slight curva
ture in comparison with the previous line (see isobaric section 20 kb in Fig. 1). 
However, the univariant point appeared at the H20 content of 18 ± 1 wt% and 
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Table 1. T-P parameters and water contents related to the wet liquidus for the 
system diopside-H2 0 (experimental data) 

P,kbar H 2 O,wt% Source 

2 1293 5.4 ± 0.5 Eggler and Burnham (1984) 
5 1295 n.d. Yoder (1975) 

10 1270 10 ± 1 Perchuk, Kushiro, Kosyakov (1988) 
15 1265 14.8 ± 1 

20 1245 17 ± 1 Eggler (1973); Eggler and Rosenhauer (1978) 
20 1255 18 ± 1 Perchuk, Kushiro, Kosyakov (1988) 
25 1250 20.5 ± 1 

30 1265 21.5 ± 1 Hodges (1984) 
30 1245 30 ± 1 Eggler and Rosenhauer (1978), 

Rosenhauer and Eggler (1974) 
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Fig. 1. Isobaric T - X sections for the water-undersaturated portion ofthe diopside-H20 
system at pressures of 10, 15,20, and 25 kbar (Perchuk, Kushiro, and Kosyakov, 1988). 
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Fig. 2. Isobaric T - X section for the system diopside-water (depression of freezing point) 
at P = 30 kbar. 1, Data of Rosenhauer and Eggler (1975); 2, data of Hodges (1974) 

1225°e, i.e. at the same composition, but the temperature estimated was lOoe 
higher than that reported by Rosenhauer and Eggler (1975). 

Perchuk et al. (1988) showed there was inconsistency of the enthalpy and 
volume change at the fusion of minerals, with melting experiments calculated on 
the basis of the Schreder equation. 

As mentioned above, Hodges (1974) and Eggler and Rosenhauer (1978) stu
died the diopside-water system at 30 kbar pressure and obtained different results 
for the water content at the univariant point-21.5 wt% at 12600 e and", 30 wt% 
at 1240oe, respectively (see Fig. 2). The correct values might be found by mean of 
thermodynamic treatment of the entire data set for the system concerned. 

Perchuk (1983, 1985) and Perchuk and Kushiro (1985) studied the alkali 
basalt-water system with clinopyroxene at the liquidus over a wide range of 
pressure, temperature, and water content. The results were discussed from the 
viewpoint of the silicate melt structure. 

A review of the papers published on the diopside-water equilibrium shows 
that the restricted and partly incompatible experimental data are the salient 
features of the system. 

Data similar to Ferrier's (1968, 1971) measurements of the enthalpy offusion 
of diopside were reported by Navrotsky et al. (1980) and Weil et al. (1980), who 
proposed the best fit for temperature dependence of the enthalpy: 

AH~i = 30.88T - 3.922·lO- 3 T - 1.574·106/T - 5518 (1) 

However, the data listed in Table 2 show that the enthalpy of fusion of diopside 
ranges from 18.5 to 34.1 kcal/mol. 
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Table 2. Enthalpy of fusion of diopside at a pressure of 1 bar 

T,K 

1665 
1665 
1665 
1665 
1665 
1664 

30,700 
34,085 
34,085 
18,500 
31,043 
31,302 

Method 

High temperature calorimetry' 
High temperature calorimetry' 
High temperature calorimetry" 
Method is not mentionedb 

Melting experiments data 
Melting experiments 

a !!Cp for crystals-glass-melt transition 

Source 

Ferrier (1968, 1971) 
Navrotsky et al. (1980) 
Weil et al. (1980) 
Robie et al. (1978) 
Carmichael et al. (1977) 
Boettcher et al. (1982) 

b !!Cp for crystals-glass transition (reference to the method by Navrotsky et al. (1980)). 

Navrotsky (1981) discussed the enthalpies of vitrification and fusion for diop
side. She concluded that the value ~Hf>i = 18.5 kcal/mol, given in Robie et al.'s 
(1978) handbook, reflects the enthalpy of vitrification of diopside rather than its 
fusion. Navrotsky (1981) also formulated the following rule: the more depoly
merized the silicate liquid, the larger the change in heat capacity at the glass 
transition under dry conditions. 

The enthalpy of fusion of diopside ~HDi = 18.5 cal/mol given in Robie et al.'s 
(1978) handbook was also criticized by Boettcher et al. (1982) who revised the 
dry liquidi for diopside and albite and developed the thermodynamics of their 
melting. For diopside, the authors reported the following equation: 

~HDi = 20.49T - 2795 + P(0.292 - 0.2299.10-5 P + 0.447· 1O-l0p2) cal/mol, 
(2) 

where the term in parentheses shows a pressure dependence of the volume change 
at the fusion of diopside. It is clearly seen that at a pressure of 1 bar Eq. (2) differs 
from Eq. (1) by ,...., 2.7 kcal (see Table 2). According to Eq. (2), ~HDi 31.302 cal/mol 
at 1 bar and 1664 K [compare with other data in Table 2, data by Ferrier (1968, 
1971), Navrotsky et al.(1980), Weil et al. (1980)]. 

Thermodynamic Analyses 

Existing Models 

Wasserburg (1957) applied a modified form of Flory's (1942) theory oflinear high 
polymer solutions (Mayer and Lunderman, 1935) to the silicate melts in order 
to create a model for solubility of water in them. Wasserburg used the Schreder 
equation in the following form: 

RTlnX~2o = -~S(T - To) + ~Cp(To - T)2/2To - P~V 

where 
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InX~2o = In(1 - X~I) = 1 - rln( rX~1 L) 
r + (r - 1)Xsil 

and the latter equation reflects a maximum of bridging oxygens in a silicate 
framework (for diopside r = 6). By using the handbook's thermodynamic data 
(LlSOi = 9.18, LlCp = 3.755, Ll VOi = 0.2565) for the albite-water system, Wasser
burg (1957) provided his model with calculation of a phase diagram and com
pared the H20 solubility in the melt with Goranson's (1936) experimental results. 
A similar model was proposed by Kurkjian and Russel (1958). Later Show 
(1964), Silver (1982), Silver and Stolper, (1985) developed Wasserburg's model 
and calculated phase diagrams for the silicate-water systems such as, for exam
ple, Ab-H20, Di-H20, 01-H20. 

Eggler and Burnham (1984) applied the well-known Burnham model to the 
system diopside-water and obtained good agreement with experimental data at 
low pressures. Silver and Stolper (1985) proposed a thermodynamic model for 
any hydrous silicate melt. This model will be discussed below. 

Langmuir and Hanson (1981) noted that the majority of binary systems show 
a linear relationship between the partition coefficient and temperature along the 
liquidus. 

According to Burnham and Davis (1970, 1971), the partial molar volumes of 
Ab and H20 in the water-saturated silicate melt are not a function of its 
composition (H20 content) within the experimental accuracy. The enthalpy of 
mixing for the water-albite melt varies within the first hundreds of caljmole. This 
value is also within the range of experimental accuracy. Hence, to a first approx
imation, the water-silicate melts can be regarded as an ideal mixture (He = 0 
and ve = 0; Wasserburg, 1957), and the T -x diagrams might be calculated 
using the Schreder equation (Eq. (5)). In this event, data on the LlHoi and 
dPldT values for dry and water-saturated liquidi at PH20 > 5 kbar are needed, 
since the H20. molecular species dominate in the melt (Stolper, 1982a,b; 
Epel'baum et a!., 1984; Epel'baum, 1965; Silver and Stolper, 1985). 

As mentioned above, high pressure data on the hydrous diopside melt are 
known from the publications of Rosenhauer and Eggler (1975), Boettcher et al. 
(1982), Perchuk et a!. (1988) up to a pressure of 30 kbar. 

On the basis ofEq. (1) Boettcher et a!. (1982) obtained the following derivative: 

dT LlHoi 20.49T - 2795 (P) 
dP = TLlVOi = T(0.292 - 0.299810 sp + 0.44710 lOp2) + T barlK (3) 

which is valid for dry conditions. The value Ll VOi changes up to 20% with 
increases in pressure toward 30 kbar. According to Perchuk et al. (1988), the 
melting curve for diopside can be described with the following equation: 

To = 1664 + 0.0126124P(bar) - 0.485810- 7 p 2 (4) 

but unrealistic results were obtained on the basis of the Schreder equation 
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InXl5. = LlHDi (~-~) (5) 
I 1.987 To T 

coupled with Eq. (2) and the data in Fig. 1. For example, at LlH~i = 20.49T-
2795 the values of water content (wt%) of 29, 37, 37.85, 47.78, and 57.26 were 
calculated at pressures 15, 20, 25, and 30 kbar, respectively. 

Therefore, the values LlH~i and Ll V;i from Eq. (2) can not be used for calcula
tion with Eq. (5), which might be used to describe the existing experimental 
data. In using data of Perchuk et al. (1988), Eq. (4) and assuming temperature 
independence of LlH~i the following values for Eq. (5) have been found: 

LlH~i = 18,500 ± 1000 cal/mol (6) 

Ll V;i = 0.14025 - 0.10955· 10-5 P - 25.498.10-11 p 2 cal/bar (7) 

Despite the low Ll VDi value the enthalpy of fusion of diopside Eq. (6) is 
practically the same as that in Robie et al.'s (1978) handbook. Thus, values from 
Eq. (6) and (7) can be used for formal calculation of the water content along the 
liquidus in the system water-diopside with Eq. (5). 

The above calculations were made with experimental data obtained at pres
sures of 10,15,20 (Fig. 1), and 30 kbar (Fig. 2). Several runs were then conducted 
at 25 kbar pressure to check values from Eq. (6) and (7). The results shown in Fig. 
1 for P = 25 kbar are consistent with the values obtained at the above pressures, 
on the one hand, and support the data of Hodges (1974), on the other. 

Thus is found a formal thermodynamic description of the liquidus surface in 
the system diopside-water. However, the problem with the difference between 
the enthalpy offusion from Eq. (6) and that calculated on the basis of calorimetric 
and dry melting experimental data (see Table 2) has not yet been discussed in 
this paper. Solutions for the problem can be found on the basis of models for the 
water-silicate melts, like those proposed by Wasserburg (1957), Kurkjian and 
Russel (1958), Persikov (1975), Ryabchikov (1975), Eggler and Burnham (1984), 
Silver and Stolper (1985). 

All the above authors consider the dissociation reaction of water in a melt as 
follows 

(8) 

The only difference lies in the estimates of the H 20. JOH· ratio as a function of 
water solubility in a silicate melt. Kadik (1965) was the first to determine the 
ratio experimentally at high pressures and temperatures. Ryabchikov ( 1975 ) 
used equilibrium (Eq. (8)) for calculation of the PTX diagram for the granite
water system, assuming the total dissociation of water in the melt up to 10 kbar, 
in spite of the results of Persikov (1972), who explored the effect of pressure on 
the H 20·jOH· ratio. Later Stolper (1982a) and Epel'baum et al. (1984) sup
ported Persikov's idea experimentally. 

The most advanced thermodynamic model for hydrous silicate melts was 
developed later. Following Wasserburg (1957), Silver and Stolper (1985) con-
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sidered the silicate melts as ideal mixtures of water molecules, hydroxyl groups, 
and oxygen atoms. The equilibrium of the species in the melt is described by the 
authors with the reaction of Eq. (8) and its constant 

where 

and 

(allHO)L (X6HO)L 
K(8) = L L ~ L L (9) 

(aH200)(aOo) (XH20o)(XH20) 

X~200 = X B - 0.5~HO 

xl;o = - 2XB - X~20o 

X B = Nfi20o/(Nfi2oo + rNstd, 

and where Nfi200 is the number of H20 moles mixes with Nstl moles of silicate 
(sil) melt and r is the amount of oxygens in the formula of silicate (r = 6 for 
diopside). 

Along the water-saturated liquidus, the solubility of water in a melt can be 
calculated on the basis of the equilibrium between melt and vapor 

(10) 

with the reaction constant 

X H 00 

K(lO) = J; /~o (11) 
H 20 H 20 

Also, Silver and Stolper (1985) proposed an expression to calculate Xb using the 
equilibrium constants K(8) and K(lO)' For example, 

where 

X B = 1 - Xoo + 0.25 {K(8)XOO - [(K(8)Xoo)2 

Xoo = exp (_1_ f Tv ASj dT) 
rRT TO 

(12) 

For the systems diopside-water (r = 6) and albite-water (r = 8), the 
Sfv ASDi dT values are written by the authors as integrated equations. However, 
using those equations a disagreement was found between X B calculated with Eq. 
(12) and experimental data obtained for the diopside-water system at pressures 
of 15-25 kbar (Fig. 1). This disagreement may be the result of the incorrect value 
of ASDi = f(T, P) used by Silver and Stolper (1985) from the literature because the 
model itself seems practically perfect. 

According to Stolper (1982b), the ratio H20-/OH- increases with the bulk 
water content X B in the melt, i.e., molecules of H20- dominate at high PH20' 
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Models Proposed 

The reaction of Eq (8) shows dissociation of water species in the melt, and the 
K(8) value reflects the degree of dissociation. From the statistical viewpoint, the 
H 20- molecules as well as the OH- species in a melt are distributed among the 
energetically nonequivalent sites according to the available amount of the hy
drated silicate species. In total hydration, this amount reaches the maximum 
value, whereas the statistical distribution of the species in a melt is controlled by 
f;I20 along the wet liquidus. The chemical potential of oxygen at the sites in 
hydrated and non-hydrated species must be equal in terms of the Korzhinskiy 
free energy thermodynamic potential. This equality can be achieved by subtract
ing a portion of the energy from the Gibbs free energy thermodynamic potential. 
The portion of energy concerned relates to those species which are in a position 
to equilibrate the system at given T and P. The sense of this equilibration can 
be described with the Korzhinskiy potential. On the other hand, from the 
viewpoint of thermodynamic formalism, this equilibration can be written as n 
interaction equations between water and all oxygens in the melt at the n sites: 

H20(1) + 0(1) = 20H(1) 

H20(2) + 0(2) = 20H(2) 
(13) 

H20~) + O~) = 20H~) 
Then n parameter reflects an effective oxygen charge at the sites. For example, 
at n = 1 this charge is 0- and the system is close to an ideal mixture. 

Along the water-saturated liquidus the equilibrium constant can be written 
as follows 

a6r;.. (-L\G(13») 
K(13) = an an = exp nRT 

0· H20. 
(14) 

where aR20• = fH20/fiI20 and ao. = a5i. According to Eq. (2), for the dry diopside 
melting curve 

InaDL . = L\G~i + (P - 1)L\V;i = 77.25 - 1406/T - 10.311n T 
I RT 

L\Go 
+ P(0.147 - 1.5.10-6 P + 2.25.10-11 p 2 )/T = ;13) (15) 

In accordance with the data of Perch uk (1973), AGr13) in Eq. (14) might be written 
as: 

L\G(13) = L\G~i - (G~ - G~)v = L\GDi + 9904.09 + 45553.19(10-3t°C) 

+ 8693.45(10-3toC)2 - 1585.63(10-3t°C)3 cal/mol (16) 

and 
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2[lnXoHo + InYoHo] - [lnXoo + Inyoo] = Inf~2o - !1Gt13)/nRT (17) 

Taking into account that Xoo = X{;i and using the regular model for the water
diopside melt mixture (Ryabchikov et aI., 1984), the following equations can be 
written: 

RTlnYOHO = Wl(1- Xoo)2 = W1(X{;Y 

RTlnYoHo = W1X6HO = Wl(1- X{;y 

(18) 

(19) 

Substituting (18) and (19) into (17) and comparing the result with (16), after 
rearranging the following can be obtained: 

1 X + 1 fi o 21 (1 XL) _ W[2(X{;;)2 - (1 - X{;if] - !1Gt13) n D' n H 0 - n - D' - ---------------'--'-'-
1 2 1 nRT 

where W is the interaction parameter for bridging oxygens in the diopside melt. 
According to the regular model, the WdRT value does not depend on tem

perature, pressure and bulk composition of the system. For the diopside-water 
system, this value is practically constant over a very wide range of the above 
parameters (at n = 1): 

WdRT = 2.358 ± 0.003 (21) 

The linear correlation between the molar fractions in both the left and right hand 
sides ofEq (18) and (19) is characterized by the correlation coefficient r2 = 0.993. 
This result shows that the model reflects the entire dissociation of water in the 
diopside melt, but it disagrees with Stolper's (1982a) data. 

At the univariant point of point depression and along the water-saturated 
liquidus equilibrium (10) is valid, and its constant is 

K(lO) = aH20o/f~20 = (XH20oYH20o)/f~20 
For the regular model 

(22) 

(23) 

By using the data from Fig. 2 and 3 and vapor properties from Kestlin et aI.'s 
(1984) paper, the W2 /RT parameter was computed at n = 1 and different T, P, 
and Xb: 

W2 / R T = 2.283 ± 0.089 (24) 

Eq. (24) gives the mean arithmetic value for the relationship between para
meters (X{;Y and [In(f~2ojlnXOo] taken from equation (25): 

In(f~2o/Xoo) = W2(X{;Y - !1G(loJiRT (25) 

The value of Eq. (24) differs from that of Eq. (21) by 0.089, i.e. 

n2 = WI = 1.032 
n1 W2 
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Fig. 3. The depressions of the freezing points of diopside as a function of H20 content 
along the liquidi at pressures of 2, 10, 15,20, and 25 kbar. The diagram is calculated using 
Eq. (30) with parameters from Eq. (6) and (7). Horizontal bars at the datapoints reflect 
the experimental accuracy (Eggler and Burnham, 1984; Perchuk, Kushiro and Kosyakov, 
1988). 

Hence anionic sites are practically absent and only H 20- and OH- groups 
exist in the melt. In addition, it should be mentioned that the WI and W2 values 
were computed with Eq. (20) and (23) by minimizing the n parameter that varies 
in the range 1.095-1.665 as a function of T and P. This result shows that the 
effective oxygen charge ranges from -1.1 to -1.7. 

Eq. (5) is now rearranged with respect to a model for the diopside-water melt 
with the fixed oxygens: 

(t:.H~i + t:. V;i(P - 1) I )-1 (t:.H~i + t:. V;i(P - 1») 
T= -nXo· 

rRT 2 rT 
(26) 

where r = 6 and r has the same meaning as that in Eq. (13), i.e. the amount of 
oxygens per one Di mol. It is helpful to define the first term in large brackets as lX: 

(27) 

where t:.H~i ~ const at different temperatures. According to the Van Laar law, 
at P = const, the liquidus line curvature at the point of dry melting of diopside 
is defined by the second derivative of T with respect to the Di molar fraction 
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( iJ2T ) _ !J.H~i + (P - 1)!J.V;i (~_ 1) 
iJ(X5i)2 - 1.987ra2(X5i)2 a 

(28) 

Fig. 2 and 3 show a linear relationship between temperature and composition 
near the diopside side of the diagrams. Such a relationship means that the second 
derivative (28) equals zero because (Moelwyn-Hughes, 1961) 

!J.H~i + (P - 1)!J.V;i ~ 2 
1.987· r' To -

(29) 

For simplicity, Eq. (28) will now be defined as cp. Note that the linear relationship 
disappears with pressure at P > 25 kbar and X~20' i.e. when cp > 0, and 

!J.H~i + (P - 1)!J.V;i < 2 
1.987· r' To 

(30) 

At r = const, the curvature ofthe liquidus line in the freezing point depression 
(P = const) is mainly determined by the enthalpy of fusion of a dry silicate. For 
water-silicate systems, a decrease in temperature along the liquidus leads to a 
change in the amount of the bridging oxygens 0· equilibrated with H 20. and 
OH·. 

As mentioned above, for the dry diopside melt r = 6 which is, however, not 
constant, being a function of composition (DiO /H2 0), temperature and pressure: 

r = Q - Ar/I(1 - r/lHP - 3) (31) 

where P is in kbar, A is an empiric coefficient defining the value of derivative (28) 
for the molten mixture at X~20 > 0.1, Q reflects a morphology of the liquidus at 
constant pressure and 

r/I= To-T 
To- Tw 

(32) 

From the data on the water-saturated liquidus (see Table 2) A = 0.33. Hence 
according to the Schreder equation (5) and expression (32), the liquidus surface 
in the P - T - X~20 coordinates can be calculated with the following formula: 

L X5i' 21655.2/6 N - p~ 
Di - X5i' 216.552/6 + X5i' 18 

where 

L _ 1 L _ !J.H~i + p!J. V;i ( 1 1 ) X D' - - X H 0 - exp - - -
1 2 Q . 1.987 To T 

(34) 

and where 

Q = 6 + 0.33r/1· (1 - r/I)(P - 3) (35) 

Results of the calculations using Eq. (30) show a good agreement with the 
experimental data except for the 10 kbar isobar: the liquidus is located near the 
experimental data points but away from the bars showing the accuracy. However, 
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Fig. 4. The depressions of the freezing points of albite as a function of H20 content 
along the liquidi at different pressures. 

the 10 kbar isobaric freezing point depression might be easily described with the 
Schreder equation (5) by incorporating Eq. (3) and (4). 

By using the same approach isobars have been calculated in the freezing point 
depression for the system albite-water (see Fig. 4). 

Thus, satisfactory models for thermodynamic description of the system 
diopside-water were developed, but they do not solve the structural part of the 
problem. In other words, the enthalpy of fusion of diopside based on the results 
shown in Fig. 2 and 3 agrees with Boettcher et al.'s (1982) melting experiments, 
on the one hand, and with the calorimetric data (see Table 1), on the other. 

According to Stolper's (l982a,b) model 

(36) 

where 

nH20• = H20(wt%)/18.015 

no. = [100 - H2 0(wt%)]/216.552/6 

The equilibrium constant of reaction (Eq. (8)) is connected with the bulk H20 
content in the system and molar fraction of H20. as follows: 
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0.5 - J[0.25 - (K(8) - 4)]/K(6)' (Xb - X;) 
XOHo = (37) 

(K(8) - 4)/K(8) 

where K(8) ~ 0.2 (Silver and Stolper, 1985) 
The value Xb can be calculated with the equation 

X - XL _ N{;J216.552/6 
b - H 20 - N{;J216.552/6 + N.120/18.015 

(38) 

and K(8)-with Eq. (14) and (15) at given T and P. All the values in Eq. (37) are 
connected via the following equation 

(39) 

In combining Eq. (39) with Eq. (36)-(38), the molar fractions of different 
species were calculated. The results of the calculations for the system diopside
water are shown in Fig. 5. 

In the diagram, Fig. 5b, the highest value of Xb = 0.385 at P = 30 kbar is much 
less than that of 0.806 calculated from Eq. (5) with data from Eq. (6) and (7), or 
using Eq. (34) with data from Eq. (2). The difference between the values calculated 
reflects an energetic contribution of the speciation of water to the melt. In 
other words, for thermodynamic description of the liquidus surface in the water
silicate system both the enthalpy of fusion and mixing energy of O· and OH· 
should be taken into account. In this instance, the H20 molar fraction for 
equilibrium (Eq. (8)) can be calculated with the formula 
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Fig. 5. Ratios of H20., OH· and 0· species along the water-saturated liquidus for the 
system diopside-water as a function of the bulk content of H20 in the melt. 1, After Silver 
and Stolper (1985); 2, calculation with Eq. (40)-(43) and (37); 3, extrapolation. 
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Xb = X~20 = XH200 + 0.5XOHo = 1 - X~i 

Rearranging (40), gives 

(40) 

(41) 

XH200 = 2Xb - 1 + X~i (42) 

X~20 = 1 - Xb = 1 - O.5XOHo - X H200 (43) 

where X~i corresponds strongly to the value calculated using the Schreder 
equation (5) and the enthalpy of fusion of diopside taken from Eq. (2) and 
Xb-from Eq. (38). Eq. (41) through (43) define the molar fraction ofOH·, H20. 
and 0· (Did with masses of 17, 18 and 216.552 g/mol, respectively. Using very 
simpleEq.(41-43)andparameters(6)and(7),orthevaluesXb = X~20 = 1 - X~i 
from Eq. (34), the variations of the above species in the melt have been calculated. 
The diagram in Fig. 5a shows variations of X H200 and XOHo with the bulk 
composition of the system along the liquidus. The results of this calculation are 
in agreement with Stolper's model. However, a noticeable difference may be seen 
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Fig. 6. Projection of the liquidus surface of the diopside-water system onto the P-T 
plane. Isopleths show the contents of different species of water (wt%): 1, H20 in the melt 
calculated with Eq. (4)-(7), and (35) and (43); is 2, OH· and 3, H 20. calculated with Eq. 
(42) and (35). 
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Fig. 7. Solubility of water in the silicate melts of different compositions as a function of 
pressure and temperature. Experimental data on the alkali basalt melt-water system after 
Perchuk and Kushiro (1985); the olivine-water system after Hodges (1973). 

in the diagram of Fig. 5b, where Xb was calculated with molar weight of diopside 
of 216.552 g/mol. A symmetric line in the diagram for concentration of OH
reflects an ideal mixing ofOH- and H20- species. With the help ofthe diagrams 
in Fig. 5 it can be predicted that melting of diopside at low pressure starts from 
the almost total dissociation of water in the melt. The higher the pressure (along 
the water-saturated liquidus) the higher the concentration of H20- in the melt. 

Fig. 7b shows projections of the liquidus surface onto the P- T plane in 
reference to speciation of water in the diopside melt. At relatively low content of 
water in the melt (up to 5 wt%) the OH- species dominate. A decrease in 
temperature at constant pressure involves an increase of H20- molecules in the 
melt. At high pressure these relations become inverted. 

By using the models proposed the water solubility in the albite and olivine 
melts has been calculated as a function of pressure at a temperature near the wet 
solidus. Fig. 7 illustrates the results of this calculation, along with the experi
mental data: on the basis of reversals Perchuk and Kushiro (1985) obtained 
extraordinary results concerning the liquidus of the system alkali basalt -water. 
The diagram at the right in Fig. 7 shows a water solubility gap in the basalt melt 
between pressures 10 and 11 kilo bars. These results are still unexplained and 
cannot be treated thermodynamically despite the appearance of Cpx crystals 
on the liquidus. 
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Conclusion 

A review of experimental data concerning melting studies of the system diopsi
de-water up to a pressure of 30 kbar reveals a formal calculation of the liquidus 
surface with Eq. (5)-(7). The value of AH~i does not correspond to calorimetric 
measurements of the heat of fusion of diopside. The models considered permit 
estimation of energy factors that are responsible for the presence of the OH·, 
H 20. and 0· (CaMgSi20 6 ) species in equilibrium in the melt and variations in 
the equilibrium constant of reaction (8) with T and P. The models proposed are 
in good agreement with Stolper's model and permit calculation of the liquidus 
in the water-diopside system regarding the speciation. 
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Abbreviations 

Symbols for components and phases used: 

H20. 
OH· 
0· 
Di 
01 
Cpx 
C 
L 
v 

water dissolved in a silicate melt in molecular form 
hydroxyl groups attached to a silicate polymer 
bridging oxygens in a silicate melt 
diopside 
olivine 
clinopyroxene 
crystals of silicate (sil) 
liquid (melt) 
vapor 
component of the given system 
molecule of diopside in dry melt; 

Thermodynamic parameters: 

T 
t 
R 
P 

To 

temperature, K 
temperature, °C 
universal gas constant 1.987 caljK/mol 
pressure, bar 
melting temperature of diopside under dry conditions at a given 
pressure 
melting temperature of diopside at a given water pressure 
melting pressure along the water-saturated liquidus 
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L\SDi 
L\Hf:,i 
L\V;i 
xf 
Ni 
lXi 

Yi 
W 

f~20 
L\G('n) 
(G~ - G~)H20 

f~20 

References 

equilibrium constant for reaction n 
Gibbs free energy of fusion of diopside under dry conditions, 
cal/mol 
heat capacity offusion of diopside under dry conditions, cal/mol/ 
deg 
entropy of fusion of diopside under dry conditions, cal/mol/deg 
enthalpy of fusion of diopside under dry conditions, cal/mol 
volume change at the fusion of diopside, cal/bar/mol 
molar fraction of component i in a melt 
concentration of component i in a melt, wt% 
activity of component i in a phase 
activity coefficient of component i in a phase 
interaction parameter of components in a melt, cal/mol 
water fugacity at given temperature and pressure 
Gibbs free energy of reaction n, cal 
Gibbs free energy change for vapor with increasing temperature 
from T = 0 to a given Tat P = 1 bar, cal/mol 
partial Gibbs free energy of mixing for Di in the water-bearing 
melt, cal/mol 
partial entropy of mixing for Di in the water-bearing melt, cal/ 
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Chapter 10 
Origin of Subduction Zone Magmas Based 
on Experimental Petrology 

Y oshiyuki Tatsumi 

Introduction 

More than 70% of the subaerial volcanoes of the Earth are distributed at 
convergent plate boundaries such as in the Andes, Cascades, Aleutian Islands, 
Japan, and New Zealand. It is widely accepted that formation of magmas erupted 
by those volcanoes is closely related to subduction of the oceanic lithosphere 
beneath volcanic arcs. For example, the following four phenomena make a strong 
impression that the existence of the downgoing slab is a necessary condition to 
produce arc magmas: (1) segmented subduction of the plate is closely related to 
segmented distribution of volcanoes, as is clearly observed in the Andes area 
(Carr et at, 1974); (2) change of the mode of plate boundaries (from transform to 
subduction) corresponds to the appearance of volcanoes in the Aleutian area 
(McKenzie and Parker, 1967); (3) initiation of subduction corresponds to that of 
volcanism in Tertiary Southwest Japan and Bonin areas (Tatsumi and Ishizaka, 
1982; Tatsumi, 1983); and (4) lOBe, which is accumulated in sediments on the 
ocean floor, is detected only in subduction zone rocks (Brown et aI., 1982). 

Chemical compositions of subduction-related arc magmas erupting on the 
surface are essentially governed by chemical processes at the following three 
stages; 

1. Formation of initial magmas. At a temperature just above the solidus of source 
materials, initial partial melts are formed as small droplets at a junction of 
constituent minerals. Although the major composition of a magma changes 
through later processes, some geochemical characteristics (e.g., isotope and 
incompatible element ratios) ofthe magma are determined at this initial stage. 

2. Progressive melting and segregation of magmas. Along with an increasing 
degree of partial melting, the magma migrates upward within the mantle 
wedge, probably in the form of a partially molten diapir (Green and Ring
wood, 1968; Ringwood, 1975; Sakuyama, 1983; Tatsumi et aI., 1983). Through 
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this process, the diapir can not be kept in a closed system and the chemical 
compositions of the magma in a diapir are changed by the reaction with the 
surrounding mantle wedge material. Magmas are then segregated from the 
ascending diapir and at this stage, the constituent minerals of the diapir will 
cease to control magma chemistry. P- T - H20 conditions at this stage criti
cally determine the liquid composition. A magma at this stage is called the 
primary magma. Four types of primary magmas generally appear in subduc
tion zones: olivine tholeiites, high-alumina basalts, alkali olivine basalts, and 
high-magnesian andesites. They are, however, by no means discrete magma 
types. 

3. Differentiation and mixing of magmas. An ascending magma may ultimately 
form a magma chamber within the crust. Crystallization differentiation occurs 
in the magma chamber and mixing of magmas probably in the conduit 
between a magma chamber and the surface. Through these processes the 
composition of a magma changes drastically. 

In attempts to understand the above processes, many models were proposed 
up to the end of the 1970s on the basis of experimental data combined with 
petrographical and geochemical information (e.g., Kuno, 1959; Green et at, 1967; 
Green and Ringwood, 1967; McBirney, 1969; Kushiro, 1974; Ringwood, 1974; 
Yoder, 1976; Wyllie, 1979). This review discusses the origin of subduction zone 
magmas on the basis of experimental and geochemical data mainly obtained in 
the early 1980s. 

This review chapter was written in 1985. Since then, many papers have been 
published and have greatly improved the concept of magma genesis in subduc
tion zones. Although this paper does not take into account the papers published 
in the second half of the 1980's, readers are requested to refer to the following 
papers from our laboratory to learn of recent developments in the author's 
concept of the topic: Tatsumi and Nakamura (1986); Tatsumi et al. (1988); 
Tatsumi and Isoyama (1988); Tatsumi (1989); Tatsumi et al. (1989); Sudo and 
Tatsumi (1990); Goto and Tatsumi (1990). 

Across-Arc Compositional Variation of Arc Magmas 

Several authors have pointed out the across-arc variation of compositions in 
subduction zone lavas since Kuno (1959). Although criticisms of general or 
easygoing application of the concept of across-arc lateral variations in sub
duction zones have appeared (e.g., Johnson, 1976; Arculus and Johnson, (1978), 
a clear relationship between compositions of volcanic rocks and distance from 
the trench is established beyond question in several arc-trench systems. Several 
kinds of across-arc compositional variations are recognized; examples are sys
tematic change of magma types, contents and ratios of incompatible elements, 
FeO*/MgO ratios, and isotope ratios (Gill, 1981). 
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Magma Types and Contents of Incompatible Elements 

Early experimental data on both simple and natural systems (e.g., Green and 
Ringwood, 1967; Green et ai., 1967; O'Hara, 1968; Kushiro, 1969) indicate that 
compositions of liquids formed by partial melting of peridotites or crystal frac
tionation become poor in SiOz with increasing pressure, which suggests that the 
depth of formation of magma becomes deeper with increasing distance from the 
trench. 

Direct Partial Melting of Peridotites 

Numbers of experiments have been done in attempts to determine compositions 
ofliquids produced by partial melting of peridotites under various temperature
pressure conditions (e.g., Kushiro et ai., 1972; Kushiro, 1973; Mysen and Boett
cher, 1975; Mysen and Kushiro, 1977). Jaques and Green (1979), on the other 
hand, criticized the methods of determination of liquid compositions previously 
used in direct partial melting experiments on peridotite compositions. Jaques 
and Green (1980) conducted anhydrous melting experiments on two synthetic 
peridotite compositions at temperatures ranging from the solidus to about 200°C 
above the solidus within the pressure range 0-15 kbar. These investigators also 
estimated liquid compositions in equilibrium with peridotites by mass balance 
calculations on the basis of chemical and modal compositions of residual phases. 
Their results clearly indicate that partial melts change compositions from tholeii
tic to alkalic with increasing pressure or decreasing degree of partial melting. 
Takahashi and Kushiro (1983) confirmed the above tendency (Fig. 1) using a 
special experimental technique in which a thin layer of basalt powder is sand-

di pi 

Fig. 1. Isobaric compositional trends of partial melts from a peridotite (Takahashi and 
Kushiro, 1983). Normative compositions are calculated after Walker et al. (1979). Num
bers, stars, and broken lines indicate pressures, starting compositions, and iso-degree of 
partial melting lines, respectively. It is suggested that partial melts change compositions 
from tholeiitic to alkalic with increasing pressures or decreasing degree of partial melting. 
Abbreviations: di, diopside; 01, olivine; opx, orthopyroxene; qz, quartz; pI, plagioclase. 
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wiched between compressed peridotite minerals and is equilibrated with its host 
at melting temperatures. The above experimental data may enable the depth of 
segregation of a basalt magma from its chemical composition to be estimated by 
fitting the obtained isobaric liquid trends, if the magma was produced under 
anhydrous conditions. 

Multiple Saturation Approaches 

A multiple saturation approach at high pressures for natural rock compositions 
(e.g., Thompson, 1974) can give essential information about the P- T condition 
of segregation of the magma, assuming that it has compositions of a primary 
magma; that is, the P-T condition of a multiple saturation point with lherzolitic 
or harzburgitic minerals indicates the conditions of segregation of the starting 
magma from residues of mantle source rock, if these phases crystallizing on the 
liquidus have compositions close to those of mantle minerals. In general, how
ever, most subduction zone lavas, even basalts, are derivatives after crystalliza
tion differentiation, and do not preserve compositions of primary magmas in 
equilibrium with upper mantle minerals (e.g., O'Hara, 1965; Nicholls and Whit
ford, 1976; Perfit et aI., 1980). Furthermore, subduction zone magmas are gener
ally H20-bearing, which is supported by several lines of evidence including; 
explosive eruptions of arc volcanoes, existence of hydrous minerals as pheno
crysts, existence ofCa-rich plagioclase phenocrysts, absence of quartz and plagio
clase phenocrysts in some felsic rocks. (Yoder, 1969; Tatsumi and Ishizaka, 
1982; Sakuyama, 1983). As many experimental results have demonstrated, water 
strongly affects both phase relations and the stability field of crystallizing phases 
in magmas (e.g., Yoder and Tilley, 1962; Kushiro, 1972, 1974; Eggler, 1972; 
Nicholls and Ringwood, 1972; Tatsumi, 1981). For example, Eggler (1972) deter
mined phase relations for an andesite at pressures up to 10 kbar for various 
H2 0 contents in the melt. Eggler indicated that the liquidus phase changes from 
plagioclase to orthopyroxene with the increase of H2 0 content in liquid and 
demonstrated that the slope of the liquidus for a given phase becomes less 
positive as water content is raised. 

Kushiro (1972) indicated experimentally that the olivine liquidus field expands 
under H2 0-saturated conditions in the system diopside-forsterite-silica, and that 
similar observations applied to natural basaltic systems (Nicholls and Ringwood, 
1972). Tatsumi (1981) conducted multiple saturation researches for a Mg-rich 
arc basalt and showed that the point of multiple saturation shifts toward lower 
pressures and higher temperatures under H20-undersaturated conditions. 

Therefore, in order to understand the P- T conditions for segregation of 
primary magmas by multiple saturation experiments, it is necessary to choose 
the starting material carefully and estimate the H 20 content in the magma. 

Experimental simulation of the phenocryst assemblage and the crystallization 
sequence of natural rocks (Eggler, 1972; Eggler and Burnham, 1973; Maal0e 
and Wyllie, 1975; Sekine et aI., 1979) contributed to the estimation of H 20 
content in arc magmas. For example, Eggler (1972) compared the geometry of 
H20-undersaturated liquidi and experimental phase compositions for an ande-
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site and concluded that phenocrysts in the starting andesite may be interpreted 
as having crystallized from a magma with 2.2 ± 0.5 wt.% H20 at a tempera
ture of 1110 ± 40°C. Also, fluorine geochemistry (Ishikawa et aI., 1980), petro
graphic considerations (Sakuyama, 1979) for Northeastern Japanese volcanic 
rocks and estimation of H20 content in a fluid inclusion in phenocrysts (e.g., 
Anderson, 1979), suggest that arc basalt magmas contain about 3 wt% H20 as 
a maximum. 

On the basis of these data, together with the across-arc lateral variation of 
H20 content in arc magmas (Sakuyama, 1979), it was proposed that primary 
alkali olivine basalt and olivine tholeiite magmas contain about 3 and 0.6-
0.7 wt% of water, respectively, assuming that K20 and H2 0 are coherent in 
magmatic processes (Sakuyama, 1983). Such a small amount of water in an 
olivine tholeiite magma would have little effect on the melting phase relations, 
suggesting that the olivine tholeiite magmas are produced under anhydrous 

Table 1. Chemical and CIPW 
normative compositions of starting 
primary basalt magmas estimated on 
the basis of olivine maximum 
fractionation model. 

AOB HAB OTB 

Si02 49.11 49.39 49.71 
Ti02 1.01 0.85 0.74 
Al2 0 3 15.45 15.70 14.97 
FeO* 9.42 9.76 10.57 
MnO 0.13 0.15 0.14 
MgO 11.59 12.05 13.03 
CaO 9.66 9.43 9.00 
Na2 0 2.54 2.33 1.56 
K 2 0 1.09 0.34 0.28 
or 6.44 2.01 1.65 
ab 20.26 19.71 13.20 
an 27.53 31.38 33.02 

r 8.51 6.43 4.85 
di en 5.18 3.90 2.93 

fs 2.85 2.18 1.66 

h {en 7.54 17.83 
y fs 4.21 10.13 

to 16.59 13.01 8.19 
01 fa 10.06 8.02 5.13 
ne 0.66 
il 1.92 1.61 1.41 

AOB, alkali olivine basalt; HAB, 
high-alumina basalt; OTB, olivine tholeiite; 
FeO*, total iron as FeO. 
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conditions. The primary high-alumina basalt magma were estimated to contain 
a medium amount of H20 (= 1.5wt%), because chemical characteristics of high
alumina basalts are transitional between those of another two. 

Tatsumi et al. (1983) conducted multiple saturation experiments on three types 
of arc basalt compositions and estimated P-T conditions of segregation of those 
magmas. The chemical compositions of primary magmas of olivine tholeiite, 
high-alumina basalt and alkali olivine basalt in Table 1 were obtained using 
the olivine maximum fractionation model (Nicholls and Whitford, 1976; Tatsumi 
and Ishizaka, 1982) for magnesian basalts from Japanese Quaternary volcanoes. 
These primary magma compositions were examined from various viewpoints 
such as the effect of subtraction or accumulation of plagioclase, pyroxene, and 
olivine including multiple fractionation and the effect of assumed mantle olivine 
compositions. It is concluded that the estimated compositions of the primary 
magmas are not strongly dependent on these variables. 

Those synthetic primary magmas were studied at high pressures and tempera
tures (Fig. 2). The estimated primary alkali olivine basalt magma coexists with 
lherzolitic minerals at 17 kbar and 13600 e under anhydrous conditions and at 
23 kbar and 13200 e in the presence of 3 wt% water. The high-alumina basalt 
magma also coexists with lherzolitic minerals at 15 kbar and 13400 e under 
anhydrous conditions and at 17 kbar and 1325°e in the presence of 1.5 wt% 
water. The olivine tholeiite magma, on the other hand, coexists with harzburgitic 
minerals at 11 kbar and 13200 e under anhydrous conditions. These data support 
the previous suggestion that arc basalt magmas are segregated from their source 
mantles at deeper levels away from the trench. The difference in residual phases 
for olivine tholeiite and the other two gives evidence that the degree of partial 
melting decreases toward the back-arc side, which is in harmony with the 
systematic increase of contents of incompatible elements from the volcanic 
front. 

FeO* jMgO Ratio, 

Kushiro (1983) examined FeO*/MgO ratios of quaternary basalts in the Japa
nese Islands and indicated that the maximum FeO* /MgO ratios decrease from 
the volcanic front toward the back-arc side. As Gill (1981) mentioned, on the 
other hand, this across-arc variation can be recognized only in the Japanese 
Islands and the northern Kuriles but not in other active volcanic arcs. 

In order to interpret the across-arc lateral variation in FeO* /MgO ratios, 
Kushiro (1983) measured densities of representative olivine tholeiite and alkali 
olivine basalt magmas at high pressures with the falling-sphere method devel
oped by Kushiro et al. (1976) and Fujii and Kushiro (1977). The results of the 
measurements are shown in Fig. 3, in which a possible density profile of the crust 
in the NE Japan arc is also indicated. Fig. 3 shows that the primary tholeiite 
melts are denser than the average granites at pressures greater than about 2 kbar, 
whereas the alkali olivine basalt melts are less dense than granitic rocks. As 
mentioned above, olivine tholeiite magmas are nearly anhydrous and the density 
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Fig. 3. Densities of magnesian olivine tholeiite (OTH) and alkali olivine basalt (AOB) 
determined by the falling sphere method (Kushiro, 1983). The density profile in the crust 
is based on densities of average granite (Gr) and gabbro (Gb) given by Daly et al. (1966) 
and the compressibility data ofthose rocks given by Birch (1966). Olivine tholeiite magmas 
are denser than granitic crust at pressures around 5 kbar, suggesting that the olivine 
tholeiite magma cannot ascend beyond the upper crust by buoyancy alone. 

data can be applied for natural magmas. These data support the suggestion that 
the primary olivine tholeiite magmas cannot ascend beyond the upper crust by 
buoyancy alone, and the magmas would fractionate to produce less dense mag
mas. On the other hand, alkali olivine basalt magmas are likely to. contain 
water and should be less dense than the experimental results. The magmas can 
easily ascend within the crust. The across-arc variation in FeO*/MgO ratios may 
thus be due partially to the difference in density of magma. 

The Role of Subducted Lithosphere 

The existence of subducted lithosphere is a necessary condition for generation 
of arc magmas. However, the role of subducted slab has been a matter of much 
debate. Two petrogenetically distinct hypotheses have been proposed: the slab 
produces (1) partial melts that are primary magmas for calc-alkaline andesites or 
partial melts that metasomatize the overlying mantle wedge to form solid sources 
for arc magmas, and (2) H 20, which migrates upward to cause partial melting 
of the mantle wedge. The decisive factor controlling the above two mechanisms 
is the temperature distribution within the subducted lithosphere and the mantle 
wedge. There remains, however, considerable uncertainty about the precise 
distribution of isotherms, and petrologists must study which mechanism will 
enable the characteristics of arc magmatism to be better understood. 
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MgO CaO MgO 

Fig. 4. Equilibrium liquid path (EX) for quartz eclogite with 7.5% H20 at 30 kbar 
projected from Cao-MgO-AI20 3-Si02 onto two surfaces (Sekine et aI., 1981). The 
hatched curve (CA) corresponds to the average chemical variation of calc-alkaline rocks. 
It is indicated that partial melting of the subducted crust produces liquids with a range 
of intermediate Si02 content but with Ca/(Ca + Mg) ratios higher than calc-alkaline 
rocks. 

Partial Melting of the Subducted Lithosphere 

Several experimental petrologists claimed that the basaltic oceanic crust, con
verted to quartz eclogite, could partially melt to yield residual quartz-free eclogite 
and andesitic magmas belonging to the calc-alkaline affinity (e.g., Green and 
Ringwood, 1968; Yoder, 1969; Holloway and Burnham, 1972; Allen et aI., 1975; 
Allen and Boettcher, 1978). In order to test these early experimental predictions, 
phase relations of both natural and simple systems of basaltic compositions at 
high pressures were determined under hydrous conditions (Stern and Wyllie, 
1973; Stern, 1974; Stern and Wyllie, 1978; Sekine et aI., 1981). For example, Sekine 
et aI. (1981) studied a synthetic oceanic tholeiite in the system CaO-AI20 3 -

MgO-Si02 at 30 kbar with 3.5 to 32.5 wt.% H 20. They confirmed the conclusion 
of Stern and Wyllie (1978) that partial melting of quartz eclogite in the subducted 
oceanic crust at 100 km depth produces liquids with a range of intermediate Si02 

contents, but with Ca/(Ca + Mg) ratios higher than calc-alkaline andesites (Fig. 
4). At the present stage, then, the hypothesis that subduction zone andesites are 
primary magmas from the subducted oceanic crust has few adherents. 

Nicholls and Ringwood (1973) and Ringwood (1974) proposed a model in 
which hydrous silicious melts produced by partial melting of the subducted 
oceanic crust react with the overlying mantle, converting olivine into pyroxenes. 
It was further suggested that diapirs of wet pyroxenite then rise and undergo 
partial melting to produce calc-alkaline andesite magmas. Series of works were 
conducted in order to support the above idea on both synthetic and natural rock 
systems (Sekine and Wyllie, 1982a,b,c). Sekine and Wyllie (1982a) constructed 
the H 20-saturated liquidus surface for the system KAISiOc Mg2Si04-Si02 -
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(b) 

Fig. 5. (a) H20-saturated liquidus surface of the system KAISiOcMg2SiOcSi02-H20 
at 20 kbar (Sekine and Wyllie, 1982a). The path A-B-C-D indicates the compositional 
change of a partial melt of the oceanic crust with compositions of A during the hybridiza
tion with wedge peridotite. Abbreviations: Fo, forsterite; Ks, kalsilite; Or, sanidine; Qz, 
quartz; En, enstatite. (b) Schematic representation of a silicious magma body rising from 
the oceanic crust (OC) after Wyllie and Sekine (1982). During the process of hybridization 
between silicious melts (A) and peridotite in the mantle wedge (MW), the melt change 
assemblage from liquid only (black area) through liquid + phlogopite (hatched area) and 
liquid + phlogopite + enstatite (crossed area) to phlogopite + enstatite (dotted area). The 
mineral precipitates are modelled from the liquid path in Fig. 5(a). After solidification, the 
body releases water that migrates upward to cause partial melting of peridotite. Numbers 
and broken lines indicate temperatures ("C) and possible isotherms, respectively. 

H20 at 20 kbar based on various experimental data (Fig. 5a), which includes 
model representatives of hydrous silicious magma from the subducted crust and 
the overlying mantle wedge. Using the obtained liquidus surface, Wyllie and 
Sekine (1982) discussed the process of hybridization between the slab-derived, 
hydrous silicious melts and mantle wedge peridotites (Fig. 5b), and proposed 
a model for generation of subduction zone magmas, reviewed in a following 
section. 

Dehydration of the Subducted Lithosphere 

Water held in hydrous minerals that have crystallized on the ocean floor and in 
the subducted lithosphere goes down with the slab. This water is released when 
the thermal or pressure stability limit of the hydrous minerals is exceeded. Several 
petrologists have related the dehydration in a downgoing slab with production of 
magmas in subduction zones since it was first suggested by Coats (1962), because 
water can drastically lower the solidus temperature of mantle materials (e.g., 
Kushiro et aI., 1968). When the significance of the stability of hydrous minerals in 
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Fig. 6. Stability fields of hydrous phases, compared with the estimated range of tempera
tures within 5km-thick subducted oceanic crust, according to two calculations: TMJ and 
TMJ5, top and 5 km below the surface ofthe slab by Toksoz et al. (1971); HU and HU5, 
those by Honda and Uyeda (1983). Abbreviations: CH, clinohumite; PH, phlogopite; 
AMPH, amphiboles; QZ, quartz; TALC, talc; SERP, serpentine. 

producing water is discussed, the choice of thermal model is essential. For 
published thermal models of subduction zones, however, the absolute value of 
temperature is widely variable; for example, the temperature at the slab/wedge 
interface at a depth of 100 km is estimated to be 400°C by Andrews and Sleep 
(1974) and 14OO°C by Griggs. In the following, geothermal models by Tokzos et 
al. (1971) and Honda and Uyeda (1983) are tentatively used for considering the 
stability of hydrous phases in the slab; these models provide intermediate values 
of temperature among a number of geothermal models. Amphiboles, magnesium 
llydrosilicates and phlogopite are the main candidates of hydrous minerals in 
the subducted lithosphere. Stability limits of these minerals are shown in Fig. 6 
together with two thermal models. 

Amphiboles 

Amphiboles are likely to exist in the downgoing lithosphere and often occur in 
arc lavas. Thus numbers of experiments have been conducted on the stability of 
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amphiboles under various conditions of total pressures, temperatures and H20-
fugacity. Although the experimental results may be debated among the experts, 
there is a consensus that amphiboles in basaltic systems (i.e., in the oceanic crust) 
decompose at a pressure lower than 30 kbar (e.g., Lambert and Wyllie, 1972; 
Allen et aI., 1975; Allen and Boettcher, 1978, 1983); that is, amphibole is not a 
likely mineral to release fluid phases beneath volcanic arcs. On the other hand, 
amphiboles in peridotitic systems may be stable to pressures in excess of 30 kbar, 
probably to pressures around 40 kbar (e.g., Millhollen et aI., 1974). If a thermal 
model that gives higher temperatures wit~in a slab is chosen, amphibolites 
converted from basalt should melt. This process may not represent the existence 
of a volcanic front very well, as discussed in a following section. 

Magnesium H ydrosilicates 

Hydrous minerals in the system MgO-Si02-H20, could be distributed to a 
certain extent, especially in cumulate layers of the oceanic lithosphere. Several 
experiments on serpentine (e.g., Kitahara et aI., 1966; Tatsumi et aI., 1985) 
indicated that the stability limit of serpentine does not depend on pressure at 
pressures below 40 kbar (Fig. 6). If a thermal model with extremely low tempera
ture distribution is not used, therefore, serpentine may decompose at pressures 
below 40 kbar. Serpentine contains about 15 wt.% of H20 and significant element 
migration of the serpentine-derived fluid may occur. This migration should affect 
the compositions of the mantle wedge and its derivative, subduction zone mag
mas. This important geochemical problem will be discussed in a later section. 
Clinohumite and chondrodite whose stability fields were determined by Yama
moto and Akimoto (1977) could be shown to decompose in the slab beneath 
volcanic arcs if geothermal models that provide relatively high temperatures in 
the slab are used (Fig. 6). However, amounts of those phases would be limited 
in the slab and may not playa major role as the source of water. 

Phlogopite 

Since the pioneer work by Kushiro et al. (1967) a large amount of experimental 
data has been accumulated on the stability of phlogopite (e.g., Modreski and 
Boettcher, 1972). This work shows that phlogopite in a peridotite system is 
stable up to about 70 kbar under temperature conditions proposed for the 
subducted lithosphere (Fig. 6). On the other hand, phlogopite mainly exists in a 
pelitic layer of the oceanic crust which is saturated with Si02 and its stability in 
peridotite systems could not be directly applied to the dehydration process 
in subduction zones. According to the experiments of Bohlen et aI. (1983), the 
thermal stability limit of phlogopite coexisting with quartz is more than 100°C 
lower than that in peridotite systems at pressures below 20 kbar. Furthermore, 
phlogopite in a pelitic layer should be Fe-rich biotite, and the stability range 
of biotite in basic to intermediate composition is more restricted than that of 
amphibole (Stern et aI., 1975). Thus, it is questionable that phlogopite is a source 
of H20 beneath volcanic arcs. Within the mantle wedge, on the other hand, 
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phlogopite is still a strong candidate among hydrous minerals which persist 
beyond the breakdown pressure of amphiboles (Le., a depth greater than 40 kbar). 

Volcanic Fronts as a Clue to the Role of Subducted Lithospheres 

At convergent plate boundaries, in general, the trenchward limit of the distribu
tion of volcanoes defines a sharp line, the volcanic front of Sugimura (1960). The 
most noticeable fact on the volcanic front may be that the depth ofthe Wadati
Benioff zone beneath it is quite constant (124 ± 38 km; Gill, 1981) in each 
subduction zone. Two interpretations may be applied to this tectonic feature. 
One is that the ascent of magma to the surface is possible only behind the volcanic 
front. In other words, magmas are produced on both sides of the volcanic front; 
near-trench volcanism existing in some fore-arc regions supports this idea. 
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Fig. 7. A possible cross-section through the subducted oceanic lithosphere (D.L) pro
posed by Wyllie and Sekine (1982), in which amphibole-out (A.D), phlogopite-out (P.D), 
hydrous solidus (broken lines) ofthe mantle wedge (M.W) and the continental crust (C.C) 
are shown. Black areas indicate partial melting zones. The subducted oceanic crust (D.C) 
changes facies from greenschist (Grs) through amphibolite (Amp) to eclogite (Ecl) in 
which process H2D is released between D and E to form hornblende peridotite in the 
mantle wedge. Eclogite with water may partially melt at M to produce hydrous silicious 
melts that react with mantle peridotite as shown in Fig. 5. Water released from the 
hybridized body at H causes partial melting of peridotite at N. The residual bodies 
composed of phlogopite and enstatite (dotted diapirs) are transported downward along 
the slab by the induced convection to form alkalic initial liquid at R through phlogopite
out reaction. 
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According to this interpretation, the volcanic front must be a boundary of 
physical properties such as structures and stress fields in the crust. However, no 
evidence indicating such a boundary is found in subduction zones. Therefore, the 
other interpretation, that magmas are formed in the slab or the mantle wedge 
only behind the volcanic front, is more likely; that is, the geotherm cuts the solidus 
temperature of the wedge mantle or the slab beneath the volcanic front. 

Wyllie and Sekine (1982) discussed that the subducted slab partially melts 
under hydrous conditions produced by the amphibole-out reaction within the 
slab to form metasomatizing hydrous silicious magmas (Fig. 7). This mechanism 
could govern the formation of the volcanic front in some subduction zones. If this 
is true in general, however, the hydrous solidus temperature of an amphibole
bearing basaltic composition must be distributed within the slab just beneath a 
volcanic front: this result seems to be rather accidental because an oceanic 
lithosphere with variable age and temperature distribution subducts into the 
mantle wedge. Furthermore, the depth of breakdown of amphiboles in the slab 
may be shallower than 100 km which is a smaller value than that of the slab 
beneath volcanic fronts (about 120 km). Metamorphic petrologists (e.g., Reinsch, 
1979) have discussed much shallower decomposition of amphibolite to eclogite 
assemblage by a reaction between epidote and amphibole. 

It is suggested by Tatsumi (1986) that the site ofthe volcanic front is controlled 
by decomposition of amphibole in mantle wedge peridotites at 35 kbar (Fig. 8): 
the amphibole-bearing peridotite can be formed by reaction between wedge 
peridotites and slab-derived water from intra-slab amphiboles at shallower levels 
(see the previous section) to be transported downward along a slab by the induced 
convection in the mantle wedge. An advantageous point in this mechanism is 
that it does not restrict the temperature beneath volcanic fronts in the slab or 
the mantle wedge at 35 kbar to the solidus temperature but only demands the 
hydrous solidus temperature at any level between the top of the slab and 
the bottom of the crust. 

Geochemical Role of the Subducted Lithosphere 

It has been well established that subduction zone lavas are distinct from mid
oceanic ridge basalts (MORBs) by the following points; the former are enriched 
in large ion lithosphere elements (LILE) and depleted in high field strength 
elements (HFSE) (Wood et aI., 1979; Perfit et aI., 1980; Sounders et aI., 1980; 
Arculus and Johnson, 1981; Tatsumi and Ishizaka, 1982); the former also have 
higher 87Sr/86Sr and lower 143Nd/144Nd ratios (e.g., DePaolo and Wasserburg, 
1977; Hawkesworth et aI., 1977; 1979; Nohda and Wasserburg, 1981; Ishizaka 
and Carlson, 1983). The slab-derived fluid phase should play an important role 
in giving rise to the above geochemical characteristics of subduction zone mag
mas. Recently some experimental studies have been done to try to understand 
the geochemical role ofthe subducted lithosphere and those data provide qualita
tive interpretation for LILE-enrichments and HFSE-depletions in subduction 
zone magmas. 
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DIAPIRIC UPRISE 

t 

Fig. 8. Schematic process governing the formation of volcanic front (Tatsumi, 1986). The 
subducted oceanic crust releases water (arrows) through the phase transition from amphi
bolite to eclogite at a pressure less than 30 kbar to form amphibole (Am) peridotite in the 
mantle wedge; the hydrous peridotites are transported downward along the slab by the 
induced convection in the mantle wedge to release water at 35 kbar which is the upper 
stability limit of amphibole in peridotites. The water migrates upward with forming 
hornblende peridotite and cause partial melting of peridotites at a temperature of wet 
solidus. With increasing temperature, amounts of liquid increase and partially molten 
peridotites uprise as a form of diapir to produce olivine tholeiite magma distributed at 
the volcanic front. 

Enrichment of Large Ion Lithophile Elements 

Dissolution of K20 in an aqueous vapor can be estimated from Yoder and 
Kushiro's experiments (1969) in which the subsolidus assemblage is phlogopite 
plus forsterite for the join phlogopite-H20. Ryabchikov and Boettcher (1980) 
determined the solubility of potassium in an aqueous fluid phase in equilibrium 
with phlogopite at 1100ae up to 30 kbar. The concentration of K20 is 4 grl 
100 gr H20 at 11 kbar and increases to 25 gr/loo gr H20 at 30 kbar. These 
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experimental results are in harmony with petrographic evidence that mantle 
peridotites often contain amphibole-phlogopite veins, probably formed by K20-
H20 metasomatism. 

Mysen (1979) determined partition coefficients of rare-earth elements (REEs) 
involving an aqueous vapor and the constituent minerals of garnet peridotites 
up to 30 kbar using the beta-track mapping technique. He indicated that light 
REEs (rare earth elements) are more strongly partitioned into H2 0 vapor than 
medium or heavy REEs, especially for the vapor-garnet system. It has therefore 
been suggested that the mantle wedge overlying the subducted oceanic crust with 
an eclogite mineral assemblage would attain considerable light-REE enrichment 
as a result ofthe addition of fluid phases equilibrated in the slab with garnet. On 
the other hand it is questionable whether an aqueous fluid phase equilibrates with 
constituent minerals of the subducted slab because an H 20-rich fluid infiltrates 
crystalline mantle minerals at a high rate of more than several millimeters per 
hour at pressures above 15 kbar (Mysen et at, 1977). 

Some geochemical studies indicate that LILE in the upper mantle and the 
subducted lithosphere could be distributed along grain boundaries; Frey and 
Green (1974) found, in anhydrous lherzolites, grain boundaries with high con
centrations oflight REEs and LILEs; Basu and Murthy (1977) also indicated the 
high concentration of K, Rb, and Sr along the grain boundary of lherzolite; 

Fig. 9. Mobility of elements by 
the fluid phase released through 
dehydration of element-doped 
synthetic serpentine at 12 kbar 
(Tatsumi et aI., 1985). Mobility is 
defined as amounts lost through 
the process divided by amounts 
initially present in the starting 
serpentine. Open circles indicate 
results using serpentine washed 
by Hel in order to remove the 
more loosely bound elements, 
and closed circles results of 
unwashed serpentine. It is sug
gested that elements with larger 
ionic radii are more readily 
transported by the H20 gas 
phase. 
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Suzuki (1984) suggested that those elements are not trapped in any of the crystal 
structures. It is thus necessary to determine the degree of transportation of such 
elements distributed along grain boundaries by an aqueous fluid phase at high 
pressures. 

Tatsumi et al. (1985) conducted dehydration experiments on a synthetic 
serpentine containing 11 trace elements (Cs, Rb, K, Ba, Sr, La, Sm, Tb, Y, and 
Nb). Chemical analyses of both the starting serpentine and the run products 
consisting offorsterite and enstatite indicated that an element with a larger ionic 
radius is more readily transported by an aqueous fluid phase released from 
serpentine (Fig. 9). Drastic reduction of doped-element concentration was ob
served after washing the starting serpentine with HCI, confirming that most 
spiked elements in the starting serpentine are distributed along grain boundaries, 
not in the crystal structure. Thus, the experimental results may be realistic under 
the descending slab environments. The pressure at which the element migration 
was measured was 12 kbar, which is about 3 times smaller than the actual 
pressure for the dehydration of serpentine in the subducted lithosphere. The 
results obtained in the experiments thus are not directly applicable to element 
transportation with slab-derived fluid phases. However, the general conclusion 
of mobility against ionic radii shown in Fig. 9 may hold good at higher pressures, 
and those elements should be more soluble under such conditions. 

Depletion of High Field Strength Elements 

HFSE behave as incompatible elements in the process of partial melting of 
"normal peridotites" consisting of olivine, orthopyroxene, clinopyroxene, and 
spinel or garnet. Although concentration of another group of incompatible 
elements (LILE) in arc magmas increases systematically toward the back-arc 
side, there is no difference in contents of HFSE in fore- and back-arc region 
magmas produced by different degrees of partial melting (Tatsumi and Nakano, 
1984). This geochemical evidence indicates that the bulk distribution coefficient 
for HFSE should be near unity between melts and peridotite sources, assuming 
a constant peridotite composition. However, the distribution coefficients of 
HFSE, ~FSE' are smaller than unity for major constituent minerals of peridotites 
(e.g., Gill, 1981). Therefore, minor minerals with ~FSE much higher than unity 
would have to be present as residual phases after arc magma production. Candi
dates with such distribution coefficients are zircon, sphene, perovskite, and rutile. 

Expansion of the stability field of the above phases, expected only in the 
mantle wedge environment, should also be understood in connection with sub
duction of the oceanic lithosphere. A series of melting experiments by Hellman 
and Green (1979) and Green (1981) provide important data showing that the 
stability field of rutile expands under hydrous conditions in an above-solidus 
basalt system (Fig. 10). A possible interpretation arising from the above geo
chemical evidence is that such HFSE-rich phases become stable under hydrous 
conditions induced by addition of the slab-derived fluid phases in a source 
peridotite for arc magmas. These experiments include some problems of which 
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Fig. 10. Simplified phase relations of olivine tholeiite + 5% H 20 after Green (1981). 
Stability fields of rutile (RT) and sphene (SP) rich in HFSE expand under hydrous 
conditions, providing a possible interpretation for HFSE-depletion in arc magmas formed 
by the addition of slab-derived water. Broken lines indicate phase-out lines of garnet (GA), 
amphibole (AM) and plagioclase (PL). 

the most important is that such phases are not crystallized on the liquidus; in 
other words, there is no confidence that such phases are stable as residual phases 
at the time of magma segregation even under hydrous conditions. 

Material Movement in the Mantle Wedge 

The mantle wedge is by no means in a static condition: initial magmas produced 
at rather deeper levels in the mantle wedge should migrate upward to be segre
gatt:d from their residues; the subduction of oceanic lithospheres may induce 
convective currents in the mantle wedge. Compositions of subduction zone 
magmas and magma sources should be influenced significantly through such 
processes of material movements. Diapiric uprise and convective transportation 
of mantle material are highlighted in the following section. 
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Mantle Diapir 

The existence of mantle diapir which is high temperature mantle material ascend
ing from the deeper level of the upper mantle has been suggested by several 
petrologists (e.g., Green and Ringwood, 1967; Wyllie, 1971; Ramberg, 1972; 
Cawthorn, 1975; Sakuyama, 1983). The following observations may reinforce 
understanding of the production of subduction zone magmas through diapiric 
uprise of mantle materials; First, the temperature of primary magma at the 
stage of magma segregation from its source may be much higher than that in the 
uppermost mantle wedge. Tatsumi et al (1983) suggested that primary olivine 
tholeiite magmas occurring on the volcanic front are segregated from the residual 
mantle at 11 kbar and 1320°C. Such segregation means that a high temperature 
region of magma segregation must be located at a depth of only about 35 km, 
which is just beneath Moho as estimated by the explosion seismology at the 
Northeastern Japan arc (Hashizume et aI., 1968). On the other hand, the solidus 
temperature of an anhydrous lherzolite and a gabbro with a small amount of 
water is between 1200 and l000°C at 10 kbar (Takahashi and Kushiro, 1983; 
Lambert and Wyllie, 1972), This condition means that the uppermost mantle 
and the lowermost crust would be melted to a certain extent if the temperature 
of 1320°C is maintained in a steady-state regional geotherm at a depth of about 
35 km. However, there is no geophysical evidence of large-scale melting in the 
region. Secondly, a column with low velocity can be observed in the mantle wedge 
beneath a volcanic region by three-dimensional P-wave velocity analyses (Hasemi 
et aI., 1984). This observation supports the theory of ascent of high-temperature 
mantle materials from a deeper part ofthe wedge. Thirdly, chemical compositions 
of volcanic rocks, especially those with content of incompatible elements, are 
different in different volcanoes (Kawano et aI., 1961; Katsui et aI., 1978; Onuma 
et aI., 1981; Sakuyama, 1981). This effect of the difference in chemical composition 
implies that an individual diapir produces only a single volcano. 

The temperature of a mantle diapir at a deeper level must be higher than that 
at the level of magma segregation, because a diapir consumes heat for the latent 
heat of fusion (Green and Ringwood, 1967; Cawthorn, 1975; Fukuyama, 1984). 
Fukuyama (1984) experimentally determined the heat of formation of basaltic 
liquid (150 cal per gram on average) in the system anorthite-diopside, forsterite
diopside-Si02 forsterite-diopside-anorthite and natural peridotite. Using the 
results, Fukuyama also calculated the heat content of partially-molten diapir and 
gave a set of the equal heat content contour on a P- T diagram for peridotite 
(Fig. 11). Tatsumi et aI. (1983) combined their data for P-T conditions of 
segregation of arc basalt magma with the experimental data of Fukuyama, and 
suggested the existence of high temperature region of more than 1400°C within 
the mantle wedge. 

Introducing the concept of diapiric uprise of mantle materials and associated 
magma production might explain the across-arc variation in volume of volcanic 
rocks. Sugimura et aI. (1963) indicated that the volume of volcanic materials 



Subduction Zone Magmas 

1400 ISOENTHAlPIC CONTEUR 

------15 --

5-------

287 

~---B 

...r----A 

Sp-Iherzol ite 

1100L-________ -L __________ ~ ________ ~ __________ ~ ________ ~~ 

o 5 10 15 20 P kb 

Fig. 11. The isoenthalpic contour lines (A, Band C) compared with the solidus tempera
tures of a peridotite (Fukuyama, 1984). Broken lines indicate contour of degree of partial 
melting 

decreases toward the back-arc side from the volcanic front. To understand this 
observation it should be noted that there is no across-arc lateral variation in 
volume of one stratovolcano; in other words, the lateral variation in volume of 
volcanic materials partially corresponds to that in a number of volcanoes; more 
mantle diapirs ascend from the deeper part of the mantle wedge beneath the 
volcanic front than beneath the bach-arc region. Kushiro (1983) pointed out that 
the above phenomenon is well reproduced by the experiments of Marsh (1979) 
in which diapiric uprise is most frequently observed from the top of an inclined 
layer whose density and viscosity is lower than the overlying material. This model 
demands the existence of an inclined, partially-molten, layer, probably parallel 
to the subducted slab (Kushiro, 1983). However, it is highly questionable that 
partial melts are continuously formed along the slab. 

Induced Convection in the Mantle Wedge 

A hypothesis that vortex in the low-Q, low-V, layer is induced by the subducted 
slab has been proposed by many geophysists (e.g., McKenzie, 1969; Tokzos, 1971; 
Andrews and Sleep, 1974; Tokzos and Bird, 1977; Tokzos and Hsui, 1978, 1979; 
Hsui and Tokzos, 1981; Ito et aI., 1985). The induced convection is considered 
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to be a possible driving force for back-arc spreading (e.g., Hsui and Tokzos, 1981). 
The material migration in the mantle wedge associated with the induced convec
tion must be taken into account in order to discuss the source material for arc 
magmas. 

Wyllie and Sekine (1982) proposed the along-slab migration of phlogopite 
pyroxenite bodies by induced convection (Fig. 7). The phlogopite pyroxenite 
body is formed by hybridization between hydrous silicious melts from the slab 
and mantle wedge peridotites as reviewed in a previous section, and the body 
would begin to partially melt when it crossed the solidus phase boundary to yield 
alkalic liquids, initial liquids for alkalic magmas in the back-arc side of volcanic 
arcs. 

The existence of induced convection in the mantle wedge is petrologically 
predicted (Sakuyama and Nesbitt, 1985; Tatsumi et aI., 1985) on the basis of the 
following considerations. First, the subducted lithosphere is essentially anhy
drous beneath volcanic arcs as mentioned before, and it cannot supply water, 
which causes partial melting of the mantle wedge. Therefore, polluted or metaso
matized mantle materials (amphibole peridotite) formed beneath the fore-arc 
region must be transported to deeper levels. Secondly, across-arc compositional 
variations in isotopic ratios (lower 87Sr/86Sr ratios in back-arc side lavas) can 
be well understood by introducing the existence of convective current in the 
mantle wedge along the subducted slab. The "island-arc source" which is prob
ably amphibole peridotite formed beneath the fore-arc region by reaction be
tween wedge peridotite and slab-derived fluid phase may have higher ratios of 
87Sr: 86Sr than normal wedge peridotite as mentioned in a previous section. 
It is likely that the normal peridotite has chemical compositions similar to 
depleted N-type MORB source (Sakuyama and Nesbitt, 1985; Tatsumi et aI., 
1985; Nohda and Tatsumi, 1985). Thus the isotopic lateral variation may be 
formed by mixing between the "island-arc source" and the MORB source which 
is associated with along-slab migration ofthe "island-arc source" induced by the 
convection in the mantle wedge. 

Origin of High-Magnesian Andesites 

Voluminous eruption of calc-alkaline andesites, well-defined on an iron-magne
sium-alkali diagram, characterizes subduction zones, and several mechanisms 
have been proposed to interpret their origin: 

1. fractional crystallization of basalt magmas (e.g., Osborn, 1959; Kuno, 1968; 
Cawthorn and O'Hara, 1976; Irvine, 1976); for example, Irvine (1976) in
dicated that the liquidus field of olivine becomes wider relative to silica 
minerals with increasing the KAISi30 8 component in the system Mg2Si04 -

Fe2SiOcCaAI2Si208-KAISi308-Si02 and suggested that calc-alkaline an
desites are produced from a parent basalt magma with higher KAISi30 8 
component than for a tholeiitic andesite, 
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2. crustal anatexis (e.g., Pichler and Zeil, 1969; 1972), 
3. crustal assimilation (e.g., Kuno, 1950; Wilcox, 1954; Ewart and Stipp, 1968), 
4. magma mixing (e.g., Anderson, 1976; Eichelberger, 1978; Sakuyama, 1979; 

Luhr and Carmichael, 1980), 
5. melting of the subducted crust (e.g., Green and Ringwood, 1968; Holloway 

and Burnham, 1972) which was reviewed in a previous section, 
6. melting of hydrous peridotites (e.g., O'Hara, 1965; Yoder, 1969; Kushiro, 1974; 

Mysen and Boettcher, 1975). 

Among the above, fractional crystallization and magma mixing seem to essenti
ally determine the calc-alkaline trend as recently pointed out by Sakuyama 
(1983). On the other hand, rare but not insignificant characteristic andesites 
which form a typical calc-alkaline trend appear in subduction zones. These 
andesites are characteristically rich in MgO and thus are called "high-magnesian 
andesites" (HMAs; Tatsumi and Ishizaka, 1981), and they cannot be produced 
by the above two mechanisms (Sato, 1977; Tatsumi and Ishizaka, 1981; 1982). 
Recent experimental works provide clear interpretation for the origin of HMAs, 
and are reviewed in the following. 

There are two essential problems to be addressed concerning the origin of 
HMA magmas; one is water content and the other is the origin of two distinct 
types of phenocryst assemblages, olivine plus orthopyroxene (opx-HMAs) and 
olivine plus clinopyroxene (cpx-HMAs). To clarify the above, two problems of 
melting-phase relations at high pressures were investigated for the two types of 
natural HMAs (Tatsumi, 1981; 1982). These HMAs characterize a tertiary volca
nic belt extending about 1000 km in the southwestern Japan arc. (Tatsumi and 
Ishizaka, 1981). 

Chemical compositions of starting HMAs are listed in Table 2, and experi
mental results are shown in Fig. 12; the cpx-HMA is in equilibrium with lherzoli
tic minerals at 15 kbar and 1030°C under H20-saturated conditions, and at 10 
kbar and 1070°C in the presence of7wt% H20; on the other hand, the opx-HMA 
is in equilibrium with harzburgitic minerals at 15.5 kbar and 1080°C under 
H20-saturated conditions, and at 11.5 kbar and 1120°C in the presence of 8 wt% 
H20. These experimental results indicate that both HMAs are direct partial 
melting products of upper mantle peridotites under hydrous conditions. 

Water Contents in HMA Magmas 

It has been believed that HMA magmas are formed under water-saturated 
conditions. More than 15 wt% water can be dissolved in an andesite melt under 
p-T conditions of the upper mantle (Hamilton et aI., 1972; Sakuyama and 
Kushiro, 1978; Tatsumi, 1981). It is, however, questionable that such a large 
amount of H 20 exists in mantle peridotites. 

The water contents in the experiments on two HMAs (7-8 wt% in the melt) 
correspond to water-undersaturated conditions based on the solubility limit of 
water in an HMA melt (15wt% at 12 kbar; Tatsumi, 1981). Thus, the above 
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Table 2. Chemical and C.I.P.W. 
normative compositions of 
starting high-magnesian andesites. 

TGI SD-261 

Si02 59.44 57.00 
Ti02 0.44 0.73 
Al20 3 13.51 15.79 
Fe203 2.54 2.32 
FeO 4.01 4.22 
MnO 0.12 0.13 
MgO 9.62 7.37 
CaO 6.23 7.15 
Na20 2.65 2.88 
K20 1.30 2.26 
P20 S 0.13 0.14 
FeO*/MgO 0.65 0.86 
Q 11.51 5.88 
or 7.67 13.35 
ab 22.41 24.35 
an 21.13 23.48 

r 3.72 4.62 
di en 2.79 3.32 

fs 0.55 0.88 

h {en 21.15 15.02 
Y fs 4.20 3.98 

mt 3.68 3.36 
il 0.83 1.38 
ap 0.30 0.33 

TGI, bronzite olivine andesite 
SD-261, augite olivine andesite 

experimental results indicate that HMA magmas can be produced by H 20-
undersaturated partial melting of mantle peridotites. However, there still remains 
an unsolved problem whether or not magmas with larger amounts of H20 can 
uprise to the surface without solidification. 

Origin of Two Types of Phenocryst Assemblages 

The melting experiments indicate that residual mantle material for the cpx- and 
opx-HMA are lherzolite and harzburgite, respectively. It is established that 
clinopyroxene is the first pyroxene phase to disappear among lherzolite minerals 
(Green, 1973; Mysen and Kushiro, 1977; Jaques and Green, 1980). Therefore, the 
difference of residual phases observed in the experiments depends on the degree 
of partial melting; that is opx-HMA magmas are formed by higher degrees of 
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partial melting than cpx-HMA magmas. This observation is supported by the 
fact that the temperature of mUltiple saturation point for the opx-HMA is about 
50°C higher than that for the cpx-HMA. Chemical compositions ofthe two types 
of HMAs also reinforce the above idea; opx-HMAs contain less incompatible 
elements, and have lower FeO*/MgO ratios than cpx-HMAs. 

A Model for Generation of Subduction Zone Magmas 

Based on experimental results together with geochemical and seismological data, 
a plausible cross-section of an arc-trench system can be drawn (Fig. 13), which 
could provide reasonable solutions for problems on arc magma generation 
mentioned above. 

As the oceanic plate descends, H20 held in the slab is released and migrates 
upward into the mantle wedge. Combining data for stability limits of hydrous 
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Fig. 13. A plausible cross-section of a subduction zone (Tatsumi et aI., 1985). The dotted 
area indicates the mantle peridotite polluted by the slab-derived fluid phase, the "island
arc source" (see text). The polluted peridotites are transported by the convective current 
represented by arrows. The aseismic front (AF) corresponds to the trench ward limit of 
convective current. Voluminous felsic rocks distributed mainly along the volcanic front 
(VF) are formed by partial melting of the lowermost crust. Diapirs raised through the 
region with temperatures higher than 1400°C stop to release primary magmas at levels 
shown on the figure. 
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minerals with thermal structure in the slab shows that the downgoing slab is 
anhydrous at a depth greater than 120 km, which corresponds to that of the slab 
beneath the volcanic front. Through this dehydration process, LILE are added 
to the mantle wedge beneath fore-arc regions with the slab-derived fluid phases. 
As a result, the "island-arc source" is formed, and is distinct from the "MORB 
source" in that the former is more enriched in incompatible elements with larger 
ionic radii than the latter. The slab-derived fluid containing such elements 
should react with mantle peridotites to form amphiboles, because stability fields 
of amphiboles in a peridotite system expand to higher P-T regions than those 
in a basalt system representing the slab. 

Production of initial melts beneath the volcanic front is controlled by the 
decomposition of amphiboles in wedge peridotites (Figs. 6 and 8). Released H 20 
migrates upward to produce water-saturated amphibole peridotites in the mantle 
wedge. At a level where the solidus temperature of hydrous peridotite is dis
tributed, the amphibole peridotite begins melting to produced initial liquids of 
olivine tholeiite magmas (Fig 8). Although magmas at this initial stage are 
saturated with water, H20-content in the magma decreases relatively through 
the process of diapiric uprise of partially molten materials along with an increas
ing degree of partial melting. 

On the other hand, initial melts beneath regions behind the volcanic front are 
produced by partial melting of phlogopite-peridotites formed after decomposi
tion of amphibole-peridotites that are to be transported to deeper levels along 
the slab by the induced convection in the mantle wedge. 

From the partially molten layer just above the slab formed through the 
above-mentioned processes, the initial melts migrate upward probably as a form 
of mantle diapir. The largest number of diapirs are produced beneath the volcanic 
front. The ascending path of mantle diapirs could be affected by convection 
in the mantle wedge. At the earlier stage of ascent, especially, the amount of melts 
in the diapir is smaller, that is, the speed of diapiric uprise is smaller, and 
consequently the path is bent toward the back-arc side because of the effect of 
convection current. This observation is reinforced by seismological evidence 
that a high-velocity region exists at the middle part of the mantle wedge beneath 
the volcanic front. 

The mantle diapir ascends more slowly at the early stage because of the small 
fraction of partial melts in the diapir. Thus the diapir ascends non-adiabatically, 
and it can get heat from the surrounding mantle to attain temperatures of more 
than 1400°C. The temperature of the ascending heated diapir becomes higher 
than that of the anhydrous solidus at a depth of about 70 to 80 km. After 
this stage, the degree of partial melting increases abruptly, and the density of a 
diapir becomes much less than that of surrounding materials. Consequently, the 
mantle diapir could ascend faster than before, nearly adiabatically. At depths 
indicated in Fig. 13, the diapir stops rising and releases primary magmas. The 
uprising diapir may stop because of the increase of viscosity of uppermost mantle 
materials, which is controlled by the thermal structure of the upper mantle. 

Beneath the volcanic front numbers of diapirs with higher temperatures come 
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from deeper levels, and temperatures around Moho could exceed the solidus of 
the lowermost crustal materials. This condition is consistent with the fact that 
voluminous felsic pyroclastic flows are observed only along the volcanic front. 

Production ofHMA magmas can be also interpreted in the above scheme; in 
order to form HMA magmas, hydrous partial melting of wedge materials must 
have taken place at shallower levels; the isotherm thus must expand more widely 
toward the fore-arc side, and this tectonic setting could be obtained at an 
initial stage of slab subduction (Tatsumi, 1983); HMA magmas are direct partial 
melting products of the "island-arc source". 

Acknowledgments 

It will be recognized that many of the thoughts expressed here, however imper
fect, were inspired by the remarkable genius of Dr. M. Sakuyama and H. Fukuya
rna. The author would like to thank Prof. I. Kushiro and S. Banno, and an 
anonymous reviewer for their critical and helpful comments on the manuscript. 
Financial support was provided by a Grant-in-Aid for Special Project Research 
(No. 60221011) from the Ministry of Education, Science and Culture of Japan. 

References 

Allen, J.C., and Boettcher, A.L. 1978, Amphiboles in andesite and basalt: II. Stability as 
a function of P-T-/H20-/02' Amer. Mineral. 63,1074-1087. 

Allen, J.e. and Boettcher, A.L. 1983, The stability of amphibole in andesite and basalt at 
high pressures, Am. Mineral. 68 307-314. 

Allen, J.C., Boettcher A.L. and Marland, G. 1975, Amphiboles in andesite and basalt: I. 
Stability as a function of P-T -/02' Am. Mineral. 60 1069-1085. 

Anderson, A.T., 1976, Magma mixing: petrological process and volcanological tool, J. 
Volcanol. Geotherm. Res. 1, 3-33. 

Anderson, A.T., 1979, Water in some hypersthenic magmas, J. Geol. 87 509-531. 
Andrews, D.J. and Sleep, N.H. 1974, Numerical modelling oftectonic flow behind island 

arcs, Geophys. J. R. Astron. Soc. 38 237-251. 
Arculus, R.J. and Johnson, R.W. 1981, Island-arc magma sources: a geochemical assess

ment of the roles of slab derived components and crustal contamination, Geochem. J. 
15, 109-133. 

Basu, A.R. and Murthy, V.R. 1977, Ancient lithospheric lherzolite xenolith in alkali basalt 
from Baja California, Earth Planet. Sci. Lett. 35, 239-246. 

Birch, F., 1966, Compressibility; elastic constants, Handbook of Physical Constants (Clark, 
S.P. ed.), Geol. Soc. Am. Mem., 97-173. 

Bohlen, S.R., Boettcher, A.L., Wall VJ. and Clements, J.D. 1983, Stability ofphlogopite
quartz and sanidine-quartz: a model for melting in the lower crust, Contrib. Mineral. 
Petrol. 83 270-277. 

Brown, L., Klein, J., Middleton, R., Sacks I.S. and Tera, F. 1982, lOBe in island-arc 
volcanoes and implications for subduction, Nature 299, 718-720. 

Carr, M.J., Stoiber R.E. and Drake, C.L. 1974, The segmental nature of some continental 



Subduction Zone Magmas 295 

margins, The Geology of Continental Margins (C.A. Burke and c.L. Drake eds.), 
Springer-Verlag, Berlin. 

Cawthorn, R.G., 1975, Degrees of melting in mantle diapirs and the origin of ultrabasic 
liquids, Earth Planet. Sci. Lett. 27 113-120. 

Cawthorn, R.G. and O'Hara, M.l 1976, Amphibole fractionation in calcalkaline magma 
genesis, Am. J. Sci. 276 309-329. 

Coats, R.R., 1962, Magma types and crustal structure in the Aleutian arc, Crust of the 
Pacific Basin, Geophys. Monogr. Am. Geophys. Union 6 92-109. 

Daly, R.A., Manger G.E. and Clark, S.P. 1966, Density of rocks, Handbook of Physical 
Constant (Clark, S.P. ed.) Geol. Soc. Am. Mem., 19-26. 

DePaolo, D.J. and G.J. Wasserburg, 1977, The sources of island arc as indicated by Nd 
and Sr isotopic studies, Geophys. Res. Lett. 4 465-468. 

Egaler, D.H., 1972, Water-saturated and undersaturated melting relations in a Paricutin 
andesite and an estimate of water content in the natural magma, Contrib. Mineral. 
Petrol. 34 261-271. 

Eggler, D.H., and Burnham, C.W. 1973, Crystallization and fractionation trends in the 
system andesite-H20-C02-02 at pressures to 10 kbar, Geol. Soc. Am. Bull. 84 
2512-2532. 

Eicherberger, J.C., 1975, Origin of andesite and dacite: evidence of mixing at Glass 
Mountain in California and at other circum-Pacific volcanoes, Geol. Soc. Am. Bull. 
86 1381-1391. 

Ewart, A., and Stipp, J.J. 1968, Petrogenesis of the volcanic rocks of the Central North 
Island, New Zealand, as indicated by a study ofSr87/ 86 ratios, and Sr, Rb, K, U, and Th 
abundances, Geochim. Cosmochim. Acta. 32 699-736. 

Frey, F.A., and Green, D.H. 1974, The mineralogy, geochemistry and origin oflherzolite 
inclusions in Victoria basanites, Geochim. Cosmochim. Acta. 38 10123-1059. 

Fujii, T., and Kushiro, I. 1977, Density, viscosity, and compressibility of basaltic liquid 
at high pressures, Carnegie Inst. Wash. Yearb. 76419-424. 

Gill, J.B., 1981, Orogenic andesites and plate tectonics, Springer Verlag, Berlin. 
Goto, A., and Tatsumi, R. Stability of chlorize in the upper mantle, Am. Mineral., 75, 

105-108. 
Green, D.H., 1973, Experimental melting studies on a model upper mantle composition 

at high pressure under water-saturated and water-undersaturated conditions, Earth 
Planet. Sci. Lett. 1937-53. 

Green, D.H., and Ringwood, A.E. 1967, The genesis of basaltic magmas, Contrib. Mineral. 
Petrol. 15 103-190. 

Green, T.H., 1980, Island arc and continent-building magmatism-a review of petrologic 
models based on experimental petrology and geochemistry, Tectonophys. 63 367-385. 

Green, T.H., 1981, Experimental evidence for the role of accessory phases in magma 
genesis, J. Volcanol. Geotherm. Res. 10 405-422. 

Green, T.H., Green, D.H., and Ringwood, A.E. 1967, The origin of high-alumina basalts 
and their relationships to quarts tholeiites and alkali basalts, Earth Planet. Sci. Lett. 2 
41-51. 

Green, T.H., and Ringwood, A.E. 1968, Genesis of calc-alkaline igneous rock suite, 
Contrib. Mineral. Petrol. 18 105-162. 

Hamilton, D.L., Burnham, C.W., and Osborn, E.F. 1972, The solubility of water and effect 
of oxygen fugasity and water content on crystallization of mafic magmas, J. Petrol. 5 
21-39. 

Hasemi, A.H., Ishii, H., and Takagi, A. 1981, Fine structure beneath the Tohoku district, 



296 Y. Tatsumi 

northeastern Japan arc, as derived by an inversion of P-wave arrival times from local 
earthquakes, 

Hashizume, M., Oike, K., Asano, S., Hamaguchi, H., Okada, A., Murauchi, S., Shima, E., 
and Noguchi, M. 1968, Crustal structure in profile across the northeastern part of 
Honshu, Japan, as derived from explosion seismic observations, 2, crustal structure, 
Bull. Earthq. Res. Inst. Univ. Tokyo 46 607-630. 

Hawkesworth, C.J., Norry, M.J., Roddick, Ie., Baker, P.E., Francis P.W., and Thorpe, 
R.S. 1979, 143Nd;t44Nd, S7Sr/S6Sr, and incompatible element variations in calc
alkaline andesites and plateau lavas from south America, Earth Planet. Sci. Lett. 42 
45-57. 

Hawkesworth, e.J., O'Nion, R.K., Punkhurst, R.I., Hamilton P.J., and Evensen, N.M. 
1977, A geochemical study of island-arc and back-arc tholeiites from the Scotia Sea, 
Earth Planet. Sci. Lett. 36 253-262. 

Hellman, P.L., and Green, T.H. 1979, The role of sphene as an accessory phase in the high 
pressure partial melting of hydrous mafic compositions, Earth Planet. Sci. Lett. 42 
1981-201. 

Holloway, J.R., and Burnham, C.W. 1972, Melting relations of basalt with equilibrium 
water pressure less than total pressure, J. Petrol. 13 1-29. 

Honda, S., and Uyeda, S. 1983, Thermal process in subduction zones-a review and 
preliminary approach on the origin of arc volcanism-, Arc Volcanism: Physics and 
Tectonics (D. Shimozuru and I. Yokoyama eds.), Terra Scientific Publishing Company, 
Tokyo. 

Hsui, A.T., and Toksoz, M.N. 1981, Back-arc spreading: trench migration, continental 
pull or induced Convection ?, Tectonophys. 74 89-98. 

Irvine, T.N., 1976, Metastable liquid immiscibility and MgO-FeO-Si02 fractionation 
patterns in the system Mg2SiOcFe2Si04-CaAI2Si20s-KAlSi30s-Si02' Carnegie 
Inst. Wash. Yearb 75 597-611. 

Ito, H., Masuda, Y., and Kinoshita, 0. 1983, Mantle vortex induced by downgoing slab: 
experimental simulation and its application to trench-arc system, Bull. Univ. Osaka 
Pref. A-32 47-63. 

Ishikawa, K., Kanisawa, S., and Aoki, K., 1980, Content and behavior of fluorine in 
Japanese Quaternary volcanic rocks and petrogenetic application, J. Volcanol. geo
thermo Res. 8 161-175. 

Ishizaka, K., and Carlson, R.W., 1983, Nd-Sr systematics of the Setouchi volcanic rocks, 
southwest Japan: a clue to the origin of orogenic andesite, Earth Planet. Sci. Lett. 
64 327-340. 

Jaques, A.L., and Green, D.H., 1973, Determination of liquid compositions in experi
mental high pressure melting of peridotite, Am. Mineral. 64 1312-1321. 

Jaques, A.L., and Green, D.H., 1980, Anhydrous melting of peridotite at 0-15 kbar 
pressure and the genesis of tholeiite basalt, Contrib. Mineral. Petrol. 73 287-310. 

Johnson, R.W., 1976, Pottasium variation across the New Britain volcanic arc, Earth 
Planet. Sci. Lett. 31189-191. 

Katsui, Y., Oba, Y., Ando, S., Nishimura, S., Masuda, Y., Kurasawa, H., and Fujimaki, 
H. 1978, Petrochemistry of the Quaternary volcanic rocks of Jokkaido, north Japan, 
J. Fac. Sci., Hokkaido Univ., IV-18 449-484. 

Kawano, Y., Yagi, K., and Aoki, K.1961, Petrography and petrochemistry ofthe volcanic 
rocks of Quaternary volcanoes of northeastern Japan, Sci. Rep., Tohoku Univ. 111-7 
1-46. 

Kitahara, S., Takenouchi, S., and Kennedy, G.C. 1966, Phase relations in the system 



Subduction Zone Magmas 297 

MgO-Si02-H20 at high temperatures and pressures, Am. J. Sci. 264 223-233. 
Kuno, H., 1950, Petrology of Hakone volcano and the adjacent areas, Japan, Geol. Soc. 

Am. Bull. 61957-1019. 
Kuno, H., 1959, Origin of Cenozoic petrographic provinces of Japan and surrounding 

areas, Bull. Volcanol. 20 37-76. 
Kuno, H., 1966, Lateral variation of basalt magma type across continental margins and 

island arcs, Bull. Volcanol. 29195-222. 
Kuno, H., 1968, Differentiation of basaltic magmas, Basalts, Hess, H.H. and Poldervaart, 

A. eds., John Wiley and Sons, Inc., New York. 
Kushiro, I., 1969, The system forsterite-diopside-silica with and without water at high 

pressures, Am. J. Sci. 267A 269-291. 
Kushiro, I., 1970, Stability of amphibole and phlogopite in the upper mantle, Carnegie 

Inst. Wash. Yearb. 68 245-247. 
Kushiro, 1.,1972, Effect of water on the composition of magmas formed at high pressures, 

J. Petrol. 13 311-334. 
Kushiro, I., 1973, Origin of some magmas in oceanic and circum-oceanic regions, Tecto

nophys. 17211-222. 
Kushiro, I., 1974, Melting of hydrous upper mantle and possible generation of andesitic 

magma: an approach from synthetic systems, Earth Planet. Sci. Lett. 2 294-299. 
Kushiro, I., 1983, On the lateral variations in chemical composition and volume of 

Quaternary volcanic rocks across Japanese arcs, J. Volcanol. Geotherm. Res. 18435-
447. 

Kushiro, I., Shimizu, N., Nakamura, Y., and Akimoto, S-I. 1972, Compositions of coexist
ing liquid and solid phases formed upon melting of natural garnet abd spinel lherzolite 
at high pressures: A preliminary report, Earth Planet. Sci. Lett. 14 19-25. 

Kushiro, I., Shono, Y., and Akimoto, S-I. 1967, Stability of phlogopite at high pressures 
and possible presence of phlogopite in the Earth's upper mantle, Earth Planet. Sci. Lett. 
3197-203. 

Kushiro, I., Shono Y., and Akimoto, S-I. 1968, Melting of a peridotite nodule at high 
pressures and high water pressures, J. Geophys. Res. 73 6023-6029. 

Kushiro, I., Yoder, H.S., and Mysen, B.O. 1976, Viscosities of basalt and andesite melts 
at high pressures, J. Geophys. Res. 816351-6356. 

Lambert, I.B., and Wyllie, P.J. 1972, Melting of gabbro (quartz eclogite) with excess water 
to 35 kilo bars with geological applications, J. Geol. 80 693-720. 

Luhr, J.F., and Carmichael, I.S.E. 1980, The Colima volcanic complex, Mexico, I, post
caldera andesite from Volcan Colima, Contrib. Mineral. Petrol. 71343-372. 

Maal0e, S., and Wyllie, P.J., 1975, Water content of a granite magma deduced from the 
sequence of crystallization determined experimentally with water-undersaturated con
ditions, Contrib. Mineral. Petrol. 52 175-191. 

Marsh, B.D., 1979, Island arc development: some observations, experiments and specula
tions, J. Geol. 87 687-713. 

McBirney, A.R., 1969, Andesitic and rhyolitic volcanism of orogenic belts, Am. Geophys. 
Union Monogr.13 501-506. 

McKenzie, C.P., 1969, Speculations on the consequences and causes of plate motions. 
Geophys. J. Roy. Actron. Soc. 18 1-32. 

McKenzie, D.P., 1972, Active tectonics of the Mediterranean region, Geophys. J. R. Astro. 
Soc. 30 173-190. 

McKenzie, D.P., and Parker, R.L. 1967, The north Pacific, and example of tectonics on 
a sphere, Nature 216 1276-1280. 



298 Y. Tatsumi 

Merrill, R.B., and Wyllie, P.J. 1975, Kaersuitite and kaersuitite eclogite from Kakanui, 
New Zealand-water-excess and water-deficient melting to 30 kbars, Geol. Soc. Am. 
Bull. 86 555-570. 

Millhollen, G.L., Irving, A.J., and Wyllie, P.J. 1974, Melting interval of peridotite with 5.7 
per cent water to 30 kbars, J. Geol. 82 575-587. 

Millhollen, G.L., and Wyllie, P.J. 1974, Melting relations of brown-hornbrende mylonite 
from St. Paul's rocks under water-saturated and water-undersaturated conditions to 30 
kilobars, J. Geol. 82 589-606. 

Modreski, P.J., and Boettcher, A.L. 1972, The stability of phlogopite + enstatite at high 
pressures: a model for micas in the interior of the Earth, Am. J. Sci. 272 852-869. 

Modreski, P.J., and Boettcher, A.L. 1975, Phase relationships ofphlogopite in the system 
K20-MgO-CaO-AI203-Si02-H20 to 35 kilobars: a better model for micas in the 
interior ofthe Earth, Am. J. Sci. 273 385-414. 

Mysen, B.O., 1979, Trace element partitioning between garnet peridotite minerals and 
water-rich vapor: experimental data from 5 to 30 kbar, Am. Mineral. 64 274-287. 

Mysen, B.O., and Boettcher, A.L. 1975, Melting of a hydrous mantle. II. geochemistry of 
crystals and liquids formed by anatexis of mantle peridotite at high pressures and high 
temperatures as a function of controlled activities of water, hydrogen and carbon 
dioxide, J. Petrol. 16 549-590. 

Mysen, B.O., and Boettcher, A.L. 1976, Melting of a hydrous mantle. III phase relations 
of garnet websterite + H20 at high pressures and temperatures, J. Petrol. 17 1-14. 

Mysen, B.O., and Kushiro, I. 1977, Compositional variations of coexisting phases with 
degree of melting of peridotite in the upper mantle, Am. Mineral. 62 845-865. 

Mysen, B.O., Kushiro, I., and Fujii, T. 1977, Preliminary experimental data bearing on 
the mobility of H20 in crystalline upper mantle, Carnegie Inst. Wash. Yearb. 77 
793-797. 

Nicholls, lA., and Ringwood, A.E. 1973, Effect of water on olivine stability in tholeiiotes 
and the production of silica-saturated magmas in the island arc environment, J. Geol. 
81285-300. 

Nicholls, lA., and Whitford, D.J. 1976, Primary magmas associated with Quaternary 
volcanism in the western Sunda arc, Indonesia, Volcanism in Australia (Johnson, R.W. 
ed.),77-90. 

Nohda, S., and Tatsumi, Y. 1986, What happened in the mantle wedge during the Japan 
Sea opening?, J. Geomag. Jeoelectr., in press. 

Nohda, S., and Wasserburg, G.J. 1981, Nd and Sr isotopic study of volcanic rocks 
from Japan, Earth Planet. Sci. Lett. 52 261-276. 

Oba, T., 1978, Phase relationship of Ca2Mg3AI2Si6AI2022(OHh-Ca2Mg3Fe~+Si6AI2 
022(OHh join at high temperatures and high pressures-the stability of tschermakite, 
J. Fac. Sci. Hokkaido Univ. Ser. 4 18 339-350. 

O'Hara, M.J., 1965, Primary magmas and the origin ofbasaIts, Scotish J. Geol. 119-10. 
O'Hara, 1968, The bearing of phase equilibria on synthetic and natural systems on the 

origin and evolution of basic and ultrabasic rocks, Earth Sci. Rev. 4 69-133. 
Okada, H., 1979, New evidences of the discontinuous structure of the descending litho

sphere as revealed by ScSp phase, J. Phys. Earth 27 s53-s63. 
Onuma, N., Hirano, M., and Issiki, N. 1981, Genesis ofbasaIt magmas and their deriva

tives under Izu Islands, Japan, inferred from Sr/Ca-Ba/Ca systematics, J. Volcanol. 
Geotherm. Res. 18511-529. 

Osborn, E.F., 1959, Role of oxygen pressure in the crystallization and differentiation of 
basaltic magmas, Am. L. Sci. 257 609-647. 



Subduction Zone Magmas 299 

Perfit, M.R., Gust, D.A., Bence, A.E., Arculus, R.J., and Taylor, S.R. 1980, Chemical 
characteristics of island arc basalts: implication for mantle sources, Chern. Geol. 30 
227-256. 

Pichler, H., and Zeil, W. 1969, Die quartre "Andesite"-Formation in der Hochkordillere 
Nord-Chiles, Geol. Rundsch 58 866-903. 

Pichler, H. and W. Zeil, 1972, The Cenozoic rhyolite-andesite association of the Chilean 
Andes, Bull. Volcanol. 35 424-452. 

Ramberg, H., 1972, Mantle diapirism and its tectonic and magmagenetic consequences, 
Phys. Earth Planet. Inter. 5 45-60. 

Ringwood, A.E., 1974, The petrological evolution of island arc system, J. Geol. Soc, 
London 130 183-204. 

Ringwood, A.E., 1975, Composition and petrology of the Earth's mantle, McGraw-Hill, 
New York. 

Ryabchikov, 1.0., and Boettcher, A.L. 1980, Experimental evidence at high pressure for 
potassic metasomatism in the upper mantle of the Earth, Am. Mineral. 65 915-919. 

Sakuyama, M., 1979, Lateral variations of H20 contents in Quaternary magmas of 
northeastern Japan, Earth Planet. Sci. Lett. 43 103-111. 

Sakuyama, M., 1979, Evidence of magma mixing: petrological study of Shirouma-Oike 
calc-alkaline andesite volcano, Japan, J. Volcanol. Geotherm. Res. 5 179-208. 

Sakuyama, M., 1981, Petrological study ofthe Myoko and Kurohime volcanoes, Japan: 
crystallization sequence and evidence for magma mixing, J. Petrol. 22 553-583. 

Sakuyama, M., 1983, Petrology of arc volcanic rocks and their origin by mantle diapir, 
J. Volcanol. Geotherm Res. 18297-320. 

Sakuyama, M., and Kushiro, I. 1979, Vesiculations of hydrous andesitic melt and trans
port of alkalis by separated vapor phase, Contrib. Mineral. Petrol. 71 61-66. 

Sakuyama, M. and R.W. Nesbitt, 1985, Trace element chemistry of Quaternary volcanic 
rocks of NE Japan arc: degree of partial melting and input from subduction zone, J. 
V olcanol. Geotherm. Res., in press. 

Sato, H., 1977, Nickel content of basaltic magma: identification of primary magmas and 
measurement of the degree of olivine fractionation, Lithos, 10 113-120. 

Saunders, A.D., Tarney J., and Weaver, s.D. 1980, Transverse geochemical variations 
across the Antarctic Peninsula: implication for the genesis of calc-alkalic magmas, Earth 
Planet. Sci. Lett. 46 341-360. 

Sekine, T., Katsura, T., and Aramaki, S. 1979, Water saturated phase relations of some 
andesites with application to the estimation of the initial temperature and water 
pressure at the time of eruption, Geochim. Cosmochim. Acta. 431367-1376. 

Sekine, T., and Wyllie, P.J. 1982, Phase relationships in the system KALSiOc Mg2SiOc 
Si02-H20 as amodel for hybridization between hydrous siliceous melts and peridotite, 
Contrib. Mineral. Petrol. 79 368-374. 

Sekine, T., and Wyllie, P.J. 1982, Synthetic systems for modelling hybridization between 
hydrous siliceous magmas and peridotite in subduction zones, J. Geol. 90 734-741. 

Sekine, T., and Wyllie, P.J. 1982, The system granite-peridotite-H20 at 30 kbar, with 
application to hybridization in subduction zone magmatism, Contrib. Mineral. Petrol. 
81190-202. 

Sekine, T., Wyllie, P.J., and Baker, D.R. 1981, Phase relationship at 30 kbar for quartz 
eclogite composition in CaO-MgO-A12-03-Si02-H20 with implication for subduc
tion zone magmas, Am. Mineral. 60 935-950. 

Stem, C.R., 1974, Melting product of olivine-tholeiite basalt in subduction zones, Geology 
2227-230. 



300 Y. Tatsumi 

Stern, c.R., Huang, W.L. and Wyllie, P.J., Basalt-andesite-rhyolite-H20: Crystallization 
intervals with excess H 20 and H 20-undersaturated liquidus surfaces to 35 kbars with 
inplications for magma genesis, Earth Planet. Sci. Lett. 28 189-196. 

Stern, C.R., and Wyllie, P.J. 1973, Melting relations of basalt-an de site-rhyolite-H20 and 
a pelagic red clay at 30 kbar, Contrib. Mineral. Petrol. 42 313-323. 

Sudo, A., and Tutsumi, Y. 1990, Phlogopite & K-amphibole in the upper mantIe: implica
tion for magma genesis in subduction zones, Geophys. Res. Lett., 17 29-32. 

Sugimura, A., 1960, Zonal arrangemenet of some geophysical and petrological features 
in Japan and its environs, J. Fac. Sci. Univ. Tokyo, Sect II 12 133-153. 

Sugimura, A., Matsuda, T., Chinzei, K., and Nakamura, K. 1963, Quantitative distribu
tion oflate Cenozoic volcanic materials in Japan, Bull. Volcanol. 26125-140. 

Suzuki, K., 1984, Personal communication 
Takahashi, E. and I. Kushiro, 1983, Melting of a dry peridotite at high pressures and 

basalt magma genesis, Am. Mineral. 68 859-879. 
Tatsumi, Y., 1981, Melting experiments on a high magnesian andesite, Earth Planet. Sci. 

Lett. 54 356-365. 
Tatsumi, Y., 1982, Origin of high-magnesian andesites in the Setouchi volcanic belt, 

southwest Japan, II, melting phase relations at high pressures, Earth Planet. Sci. Lett. 
60 305-317. 

Tatsumi, Y., 1983, High magnesian andesites in the Setouchi volcanic belt, southwest 
Japan and their possible relation to the evolutionary history of the Shikoku Inter-arc 
basin, Geogynamics of the Western Pacific-Indonesian region, Geodynamics Series, AGU 
11 331-341. 

Tatsumi, Y., 1986, Formation of volcanic front, in subduction zones, Geophys. Res. Lett., 
13, 717-720. 

Tatsumi, Y. (1989) Migration of fluid phases and genesis of basalt magmas in subduction 
zones, J. Geophys. Res., 94, 4697-4707. 

Tatsumi, Y., Hamilton, D.L., and Nesbitt, R.W. 1984, Transport of incompatible elements 
associated with the dehydration of serpentine in a down-going slab, Prog. Experm. 
Petrol., 25, 6-12. 

Tatsumi, Y., Hamilton, D.L. and Nesbitt, R.W. 1986, Chemical characteristics of fluid 
phase from the subducted lithosphere and origin of arc magmas: evidence from high 
pressure experiments and natural rocks, J. Volcanol. Geothem. Res., 29, 293-309. 

Tatsumi, Y., and Ishizaka, K. 1981, Existence of andesitic primary magma: and example 
from southwest Japan, Earth Planet. Sci. Lett. 53 124-130. 

Tatsumi, Y., and Ishizaka, K. 1982, Origin of high-magnesian andesites in Setouchi 
volcanic belt, southwest Japan, I, petrographical and geochemical characteristics, Earth 
Planet. Sci. Lett. 60 293-304. 

Tatsumi, Y., and Ishizaka, K. 1982, High magnesian andesite and basalt from Shodo
Shima island, southwest Japan, and their bearing on the origin of calc-alkaline ande
sites, Lithos 15 161-172. 

Tatsumi, Y., and Isayamas H. 1988, Transportation of beryllium with H 20 at high 
pressures: implication for magma genesis in subduction zones, Geophys. Res. Lett., 15, 
180-183. 

Tatsumi, Y., and Maruyama, S. 1989, Boninites and high -Mg andesites: tectonics and 
petrogenesis, Boninite and Related Rocks (Crawford, A.J. ed.), Unwin Hyman, 50-71. 

Tatsumi, Y., Sakuyama, M., Fukuyama, H., and Kushiro, I. 1983, Generation of arc basalt 
magmas and thermal structure of the mantIe wedge in subduction zones, J. Geophys. 
Res. 88 5815-5825. 



Subduction Zone Magmas 301 

Tatsumi, Y., and Nakamura, N. 1986, Composition of aueous fluid from serpentinite in 
the subducted lithosphere, Geochem. J., 20,191-196. 

Tatsumi, Y., and Nakano, S. 1984, Lateral variation ofKjHf ratios in Quaternary volcanic 
rocks of Northeastern Japan, Geochem. J. 18305-314. 

Tatsumi, Y., Nohda, S., and Ishizaka, K. 1988, Secular variation of magma source 
compositions beneath the Northeast Japan arc, Chern. Geol., 68,309-316. 

Tatsumi, Y., Orofuji, Y., Marsudu, T., and Nohda, S. 1988, Opening of the Sea of Japan 
back-arc basin by arthenosphere rejection, Tectonophys., 166, 317-329. 

Thompson, R.N., 1974, Primary basalts and magma genesis I. Skey, North-west Scotland, 
Contrib. Mineral. Petrol. 45 317-341. 

Toksoz, M.N., and Bird, P. 1977, Formation and evolution of marginal basins and 
continental plateaus, Island Arcs Deep Sea trenches and Back-Arc Basins (Talwani, M., 
and Pitman, W.e. eds.) Am. Geophys. Union, Washington, 379-393 

Tohsoz, M.N., and Hsui, A.T. 1978, Numerical studies of back-arc convection and the 
formation of marginal basins, Tectonophys. 50 177-196. 

Toksoz, M.N., and Hsui, A.T. 1979, The evolution of thermal structures beneath a 
subduction zone, Tectonophys. 60 43-60. 

Toksoz, M.N., Minear, J.W., and Julian, B.R. 1971, Temperature field and geophysical 
effects of a downgoing slab, J. Geophys. Res. 76 1113-1138. 

Wilcox, R.E., 1954, Petrology of Paricutin Volcano, Mexico, US Geol. Surv. Bull. 965-e. 
Wood, D.A., Joron, J.L., and Treuil, M. 1979, A re-appraisal of the use of trace elements 

to classify and discriminate between magma series erupted in different tectonic setting, 
Earth Planet. Sci. Lett. 45 326-336. 

Wyllie, P.J., 1971, The Dynamic Earth: Textbook in Geosiences, Wiley, New York, 416. 
Wyllie, P.J., 1979, Magmas and volatile components, Am. Mineral 64 469-500. 
Wyllie, P.J., and Sekine, T. 1982, The formation of mantle phlogopite in subduction zone 

hybridization, Contrib. Mineral. Petrol. 79 375-380. 
Yamamoto, K., and Akimoto, S.-I., 1977, The system MgO-Si02-H20 at high pressures 

and temperatures-stability field of for hydroxyl-chondrodite, hydroxyl-clinohumite 
and 1OA-phase, Am. J. Sci. 277 288-312. 

Yoder, H.S.Jr., 1969, Calcalkalic andesites: experimental data bearing on the origin of 
their assumed characteristics, Proc. Andesite Con! (A.R. McBirney ed), Oreg. Dept. 
Geol. Mineral. Ind. Bull. 65 77-89. 

Yoder, H.S.Jr., 1976, Generation of Basaltic Magma, Nat. Acad. Sci., Washington. 
Yoder, H.S.Jr., and Kushiro, I. 1976, Melting of hydrous phase: phlogopite, Am. J. Sci. 

267A 558-582. 
Yoder, H.S.Jr., and Tilley, e.E. 1962, Origin of basalt magmas: an experimenal study of 

natural and synthetic rock systems, J. Petrol. 3 342-532. 



Chapter 11 
Effects of Fluid Composition on Melting 
Phase Relationships: The Application of 
Korzhinskii's Open Systems 

Aleksey D. Kuznetsov and Mark B. Epe1'baum 

Introduction 

Melting phase relationships in the alumino-silicate systems are important in 
explaining the diversity and the regularity governing the formation of magmatic 
rocks. An important thing about these natural processes is that they take place 
against the background of the ever-changing external conditions. Therefore, to 
build a quantitative theory of these processes, it is imperative to know how the 
various factors (parameters) of the environment influence the crystal-liquid 
equilibria in the magmatic systems. 

Together with such "traditional" factors of the magmatic evolution as tem
perature and total pressure (T and P), the role of the fluid-melt interaction has 
been emphasized recently (e.g. Kuznetsov and Izoh, 1969; Korzhinskii, 1972; 
Ryabchikov, 1975; Letnikov et ai., 1977; Burnham, 1979 and others). One of the 
aspects of this interaction is the so-called "effect of additional components" 
("the effect of acid-base interaction" as it is known in Soviet literature), which 
represents the influence of fluid components on liquidus phase relations. How
ever, unlike T and P, the influence of the various fluid components on melting 
relations has not been studied sufficiently. These influences have far-reaching 
consequences in igneous petrology (Korzhinskii, 1959, 1972; Zharikov, 1969; 
Kushiro, 1975; Fraser, 1977; Pichavant and Manning, 1984). 

The purpose of this paper is to review the effect of the additional components 
on melting phenomena. This work includes: (1) a review of experimental data on 
the effect of various components on melting relations in granitic systems; (2) a 
brief review of theoretical models proposed to explain this effect; (3) a thermo
dynamic description of this effect offered by Korzhinskii's open systems that the 
authors are currently working on and (4) an attempt to use the resulting regular
ities for the analysis of fluid regimes during the formation of hypobissal multi
phase granites in Central Kazakhstan (the USSR). In addition, the calculation 
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of the albite liquidus surface in the T -P-JlH,O space where JlH,O is the chemical 
potential of the perfectly mobile H20 is given in the Appendix. 

Experimental Data 

The authors have confined themselves to reviewing the available experimental 
data on the effects of various fluid components on shifts of eutectics (or minima) 
and cotectics in the granitic systems under moderate pressures. 

Water 

Tuttle and Bowen (1958), Shaw (1963), Luth, Jahns and Tuttle (1964) and Stewart 
(1967) determined that with an increase of PH,o in the binary quartz-feldspar 
systems, the eutectics shift first in the direction of quartz (up to PH,o = 0.3-0.5 
kbar), and then towards feldspar. Similarly, in the ternary Qz-Ab-Or system 
the minimum melt composition (eutectic being above ...... 4 kbar) shifts with an 
increase of PH,o first in the direction of the quartz apex (in the range of 1-500 
bar) and then toward the albite comer (Fig. 1). There is no unequivocal inter
pretation of such an extreme behavior of the eutectic curvel in these system; 
probably, it is connected with silica polymorphic transformations or with the 
change of the H20 solubility mechanism (Dubrovskii, 1971; Epel'baum, 1980). 

Unfortunately, there are so far only fragmentary data on the effect of PH,o on 
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Fig. 1. Liquidus phase relationships for the Qz-Fsp systems as the functions of PH,o 
[After Tuttle and Bowen, 1958 (a), Shaw, 1963 (b), Stewart, 1967 (c) and Luth, Jahns 
and Tuttle, 1964 (d)]. 

1 The eutectic curve is an univariant curve formed by invariant points of eutectics (or minima), relating 
to different contents of a fluid component in the system. 



304 A.D. Kuznetsov and M.B. Epel'baum 

the liquidus phase equilibria involving plagioclase (e.g., James and Hamilton; 
1969; Winkler and Lindemann, 1972; Johannes, 1984); therefore, a precise esti
mate of this effect is not available. It should also be noted that the eutectic shifts 
shown in Fig. 1, in fact, are caused by the summary effects of the additions of 
H 20 and of the total pressure (Manning et aI., 1984). However Ptot and PH20 

(above '" 0.5-1 kbar) act in the same direction, i.e. they expand the quartz 
liquidus field at the expense of the feldspar field (Luth, 1969), but the effect of 
total pressure is less pronounced. So it may be assumed that the increase of 
PH20 as a whole reflects the influence of the H 20 additions. 

Many experiments have been carried out to determine the phase stability fields 
in natural and synthetic granitic systems in the T-PH20 (or XH20 in the system) 
coordinates, both for H 20-saturated and undersaturated conditions (Piwinskii 
and Wyllie, 1968; Steiner et aI., 1975; Whitney, 1975; Naney and Swanson, 1980 
and others). With an increase of PH20 (or XH20), the relative position of the 
"mineral out curves" changes, which indicates a change in their liquidus fields 
and, consequently, in the eutectic and cotectic relations. But although the results 
of these studies are important for petrology (for example, Wyllie et aI., 1976; 
Wyllie, 1979; Popov, 1981), they are oflittle use in quantitative interpretation of 
the effect in question because, as a rule, neither the proportions of solid phases 
and liquids nor the compositions of melts in equilibrium with crystals have been 
determined. 

Chlorine 

Von Platen (1965) studied the effect of the HCI aqueous solutions (0.0005-5 N) 
on the crystallization of natural obsidians and their mixtures with anortite and 
biotite under the total pressure of2 kbar. Von Platen was the first to demonstrate 
that the presence of such additional components as HCI, HF and NH3 had 
a considerable effect on eutectic relations in granitic systems. His results in 
reference to the HCI additions are shown in Fig. 2a. It should be noted, however, 
that the methods he used (a step-by-step decrease of temperature and a quantita
tive x-ray analysis of quenched products at each step) were outdated and the CI 
solubility in melts were not determined. The authors have studied the effect of 
the H CI aqueous solutions (0.5-6N) on the position of eutectics in the Qz-Or-Bi 
system under Ptot = 1 kbar (Kuznetsov and Epel'baum, 1978), The stability of 
the system phases were also studied in run conditions and the results of the 
quench runs were checked by microprobe, including the CI solubilities in eutectic 
and some other melts. The data obtained were then used for the calculation of 
eutectic shifts as functions of the changing of the melt basicity due to the CI 
solubility (Kuznetsov and Epel'baum, 1979; Kuznetsov, 1982). The results of 
experiments in the binary Qz-Or system are shown in Fig. 2b. 

Data on the influence of HCI on the liquidus phase relations in granitic 
systems involving biotite is of some interest. Using some original methods it was 
established that in the Qz-Or-Bi system a melt closed to cotectic minimum in 
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Fig. 2. (a) Normative compositions of the melt minima obtained during the crystalliza
tion of obsidian at ~ot = 2 kbar with excess H 20 (1) and with HCl aqueous solutions (2, 
0.0005 N; 3, 0.005 N; 4, 0.05 N; 5, 0.5 N; 6, 5 N). (Drawn after Table 6 in von Platen, 
1965.) (b) Shifts of the Qz + Or eutectic in the presence of various fluids at Ptot = 1 kbar 
(Kuznetsov and Epel'baum, 1978). 1, H 20; 2, 0.5 N HCl; 3, 3 N HCl; 4, 6 N HCl; 
5,6.5 N NH4 0H; 6, 0.5 H20 + 0.5 CO2 , 

Fig. 3. Schematic liquidus diagram for the pseudoternary Qz-Or-Bi system in equi
librium with H20 (solid lines) and with 3 N HCl (dashed lines) at Ptot = 1 kbar (Kuznetsov, 
1982). The coordinates of points e2 , ez (only temperature), e3 , e;, and P2 were determined 
experimentally. 
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equilibrium with 3 N HCI solution is saturated with biotite at its content in the 
system being ~ 3 wt%, while in the presence of pure water the saturation occurs 
at ~ 7 wt% Bi (at ~ot = 1 kbar). Based on these experiments, the liquidus diagram 
of the Qz-Or-Bi system may be as shown in Fig. 3. 

Fluorine 

Detailed studies of the F additions were carried out by Anfilogov et al. (1973), 
Glyuk and Anfilogov (1973a,b), Kovalenko and Kovalenko (1976), Kovalenko 
(1979), and Manning (1981). As a result of studying such systems as granite
H20-HF, ongonite-H20-HF and granite-H20-MeF (Me = Li, Na, K, Cs) 
at ~0.5 and ~ 1 kbar it was found that aside from dramatically decreasing the 
solidus temperature, increasing F content causes a substantial expansion of the 
quartz liquidus field at the expense of the feldspar field, the appearance of 
F -containing phases (topaz and mica), simultaneous crystallization of albite 
and K-feldspar and, if present in sufficiently high amounts, F causes liquid 
i.mmiscibility. Manning (1981 and others) determined the position of minima in 
the Qz-Ab-Or system with various F contents in the system and with excess 
H20 at ~ot = 1 kbar (Fig. 4). With increasing F content the composition of the 
first easily melted liquid is progressively enriched with albite and the minimum 
temperature goes down substantially. In addition, with the F content in the 
system being above ~ 2 wt%, the solidus moves down onto the crest of feldspar 
solvus, i.e., cotectic minimum is replaced with true eutectic. Thus, the effect of F 
on the nature of changes of the liquidus phase relations in granitic system is 
rather similar to that of H 20 (above PH20 = 0.5-1 kbar) but is very much more 
significant. 

Oz 

Ab 
wL% 

Fig. 4. Liquidus phase relationships for the Qz-Ab-Or 
system with excess H 20 and with 1 wt% F (a), 2 wt% F (b) 
and 4 wt% F (c) at P.ot = 1 kbar. (After Manning, 1981.) 
Solid triangles and solid circles are the minimum composi
tions for the F -free and the F -bearing systems correspond
ingly. Isotherm temperatures are in dc. 
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Fig. 5 (a) Shift of the Qz + Or eutectic as the function of the Na concentration in the 
system (1, 0%; 2, 3%; 3, 7%; 4, 12 wt% Na20) at PH 20 = 1000 atm. (Mter Chelischev, 1967.) 
(b) Changes in liquidus phase relationships for the Mg2SiOc KAISiOc Si02 system at 
~ot = PC02• (After Wendlandt, 1981.) Solid circles are the starting composition and open 
circles are the liquid compositions in equilibrium with quartz and enstatite at 3, 15, and 
25 kbar. 

Boron 

According to preliminary data of Pichavant, the minimum melt composition in 
the Qz-Ab-Or system shifts to a certain extent to the albite corner in the 
presence of 4.S wt% B20 3 under water-saturated conditions at ~ot = 1 kbar 
(Manning and Pichavant, 1984; Manning et ai., 1984). However, inasmuch as the 
boron oxide additions increase significantly the H2 0 solubility in the melt 
(Pichavant, 1981, 1983), it is not clear to what extent the observing shift is caused 
by the adding of B20 3 alone. 

Alkalies 

Tuttle and Bowen (1958) showed that the adding of K 20 shifts the Qz + Or 
cotectic towards quartz. The same result for the Qz-Or system was obtained by 
Chelischev (1967) during studies of the crystallization sequence in the presence 
of NaOH aqueous solutions (Fig. Sa) and by the authors in the adding of 6.5 N 
NH40H (see Fig. 2b). All these data refer to the H20-saturated conditions and 
to Ptot = 1 kbar. The experiments of Carmichael and MacKenzie (1963) and 
Thompson and MacKenzie (1967) should be also mentioned in this connection. 
They discovered, that with the adding of 8.3 wt% acmite plus 8.3 wt% Na 
metasilicate the minimum for the Qz-Ab-Or system moves towards the Qz-Or 
sideline by '" 13 wt% Ab (Ptot = 1 kbar). However, recently Martin and Hender
son (1984) came to the coclusion that small amounts ofLi20 (1 and 2 wt% Li20, 
excess water, ~ot = 1 kbar) causes no considerable changes in the position of the 
haplogranitic minimum, it only essentially decreases its temperature. 
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Carbon Dioxide 

The effect of CO2 on the shift of liquidus boundaries was demonstrated by 
Wendlandt (1981) in the framework of a more basic Mg2SiOc KAISiOc Si02 

system (Fig. 5b). From a review of a part of the system of the author's interest, it 
can be seen that CO2 expands the quartz liquidus field at the expense of the 
K-feldspar field, i.e., it acts as an acid component. A similar result was obtained 
by the authors (see Fig. 2b), but because of a lower pressure and, consequently, 
CO2 solubility in the melt, the shift is less pronounced. 

The effects of other components on liquidus relations for granitic system have 
not been given special attention because the sparse data available are difficult to 
interpret in terms of the effect under review here. 

Thus, the experimental data demonstrate the importance of the effect of 
liquidus boundary shifts due to the additional components in granitic systems, 
but a lot of problems are still unclear In particular, the effects of various factors 
should be separated and, vice versa, the effect of the conjoint efficacy of the added 
components should also be estimated (Manning et ai., 1984). Apparently, this 
work could be done only on the basis of the clear theoretical generalizations. 

Theoretical Models 

Several models have been proposed to explain the effect of additional compo
nents on liquidus relations. Some of the basic ones are considered here. 

Korzhinskii (1959) was the first to notice the effect. The regularities in shifts 
of cotectics in ternary liquidus diagrams from a certain "ideal" position were 
explained by him as being the result of acid-base interaction in melt between a 
"third" component and the components that make up cotectic phases. The 
degree of the shifts is determined by the differences in acid-base properties of the 
system components. With the help of his theory of systems with perfectly mobile 
components (PMC), Korzhinskii formulated the equations for this effect: 

(olnY~e%lnao2-h.p.ni = 0:, 

(olnY~0)olna02-h.p.ni = -p, 

(1) 

(2) 

where YiS is the bulk activity coefficient of the inert component i in melt (i = MeO, 
... , Si02 ), i.e. related to the total content of i in dissociated and undissociated 
species; a02- is the activity of 0 2 - ion in the melt which indicates the basicity of 
silicate melts (Lux, 1939; Flood and Forland, 1947) and reflects the total effect 
of all additional (perfectly mobile) components on the system state; and 0: and p 
are the degrees of dissociation of the basic (MeO) and acid (Si02 ) inert compo
nents in the melt respectively. 

Thus, in Korzhinskii's model, dissolving of the additional components in the 
melt changes its basicity and through (1) and (2)-the bulk activity coefficients 
and, hence, the activities of the melt components. In turn, this effect should lead 
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Fig. 6. Schematic diagram for a binary system A-B a 
T~ showing the changes in eutectic relationships in the 

T 

presence of an additional (perfectly mobile) compo-
nentj: a, due to acid-base interaction of components 
a, b, and j in melt phase; b, due to changes in fusion If 
temperatures of phases A and B caused by various A Te 
solubility ofj in these phases. Striped area shows the 

e (j) composition range with the changing crystallization 
sequence. 

A B 

T b T~lj) 
TA 

TA(j) 
Te 

eg) 

A B 

to a change in the liquidus temperatures of the phases built up by these compo
nents and, therefore, their liquidus fields (Fig. 6a). 

It should be noted that Korzhinskii's principle of acid-base interaction re
flects the general principle ofthe maximum polarity of chemical bonds (Ramberg, 
1952). According to this principle, exchange reactions "are always shifted toward 
the combination of more acid (electronegative) anions with more basic (leas 
electronegative) cations and vice versa, less acid anions with less basic cations" 
(Kogarko and Ryabchikov, 1980, pp. 505-506). 

Korzhinskii's approach was further developed by Zharikov (1969, 1976). He 
showed that in systems with PMC it was necessary to take into consideration 
the dependence of fusion temperatures of phases consisting of inert components 
on the chemical potentials of PMC. True, the equation of equilibrium melting 
of a certain phase A, constituted by inert component a, in the presence of PM C j 

(3) 

leads to 

(4) 

where L1S A = S~-S~ is the entropy offusion of the phase A and L1nj = nJ-n/ is the 
difference between the mole numbers ("solubilities") of PMC j in molten and 
crystalline phase A. As S~ > S~, and the solubilities of PMC j are, in general, 
different in various phases of the system, one and the same change of Ilj will cause 
unequal changes in fusion temperatures of the phases. Hence, the liquidus fields 
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of the phases and. in a certain composition range, the sequences of their crystalli
zation, should change accordingly (Fig. 6b). 

It should be emphasized that the dissolution of a component j in a "pure" melt 
phase may also be viewed in terms of acid-base interaction. On the other hand, 
it is obvious that the dissolution of aj in a multicomponent melt will affect not 
only the fusion temperatures of "pure" phases but also the mixing behavior of 
the melt components. Thus, in reality these two sides of the effect of j addition 
are inseparable from each other and should be taken into account together in 
any general thermodynamic description of the effect (see below). 

An alternative approach was offered by Kushiro (1975) and later was devel
oped by Mysen (Mysen, 1976; Mysen et aI., 1980a,b) and other researchers. 
Analysing a vast amount of liquidus diagrams and his own experimental data, 
Kushiro found that the addition of oxides of monovalent and, to a lesser extent, 
divalent cations shifts cotectics towards the Si02 phase whereas the oxides of 
polyvalent elements produce an opposite effect (Fig. 7a). These regularities were 
explained by Kushiro through structural changes in the melt network due to the 
dissolution of additional components. So it was concluded that the Me20- and 
MeO-type oxides facilitate the depolymerization of Si-O tetrahedra and, there
fore, expand the liquidus fields of the less polymerized mineral (fayalite, forsterite, 
and pseudowollastonite). The addition of such oxides as P20S and Ti02 produces 
a reverse effect due to the polymerization of the network. 

These deviations of cotectics in closed systems could also be explained by the 
salt-forming effect in melts (Epel'baum and Kuznetsov, 1980a), which illustrates 
the principle of maximum polarity of chemical bonds through the formation of 
corresponding compounds with the cotectics naturally leading to their figurative 
points on the liquidus diagrams. Thus, a "fan" of tie-triangles will correspond to 
the Kushiro's "fan" of cotectics (Fig. 7b). 

Kushiro's approach has become widely-accepted because of the possibility of 
proving it by direct physical methods. Thus, it was through changes in the degree 
of polymerization of the melt network that Mysen et aI. (1980a,b) came to 
describe the observed shifts in the liquidus boundaries between phases in a 
number of systems with the addition of H20 and Ti02. Manning et aI. (1980) 
linked changes in the liquidus phase relations in granitic systems having increas
ing F (H20) contents with the bonding of part of Al with F (H20) and its 
transformation from the tetrahedral to octahedral coordination in melts,2 and 
so on. 

An interesting combination of the structural and thermodynamic approaches 
was introduced by Fraser (1977). He assumed that silicate polyanions ofthe melt 
can consist of five structural units ("structons"): iiSi, where i stands for the 
number of non-bridging (0 -) andj is the number of bridging (0°) oxygen species. 

2 According to Kogarko and Krigman (1981) the increase of Si02 activity in acid melts containing 
F is caused by the formation of the bonds between F with the network-modifying ions (alkalies), 
not with the glass-forming ions (AI). 
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The crystallizing mineral uses only part (one, as a rule) of the structons: pyrox
enes-22Si, olivine-4°Si and so on. Regarding a melt as an ideal mixture of 
structons and cations and introducing the notion of "the solubility product of a 
mineral in the melt" (Ks.pJ, the activities of the mineral components (enstatite 
and forsterite, for example) on liquidus could be described as 

K Fo - a - X2 ·x s.p. - Mg2Si04 - Mg2+ 40s;' 

(5) 

(6) 

The values of xiis; can be calculated from the equilibrium proportions of 
0- and 0°. Data on the dependence ofthe equilibrium polymerization constant 
on temperature being available, in principle it is possible to calculate the activities 
of these mineral components on the liquidus. 

The added component (for example, K 20 which dissociates in the melt 
according to base-type: K 20 ~ 2K + + 0 2 - - will shift the polymerization 
equilibrium: 

(7) 

leading to a relative increase of X40s; ( = xri-) compared with X22s; ( = 6xE,o . xE,-). 
Therefore, the "activity of MgSiO 3 will decrease. This decrease will cause en
statite to dissolve and forsterite to crystallize. To maintain both minerals in 
equilibrium with the melt, the cotectic must move to more Si02-rich composi
tions or otherwise add 0° to the system" (Fraser, 1977, p. 323). 

Thus, according to Fraser's model, the dissolution of additional components 
in the melt is regarded as a kind of "perturbation" of the melt structure which 
the melt-crystals system seeks to put down. In terms of acid-base formalism this 
effect means that the system has a tendency to preserve along the cotectic the 
inherent basicity corresponding to the basicity of the eutectic in the absence 
of added components. 

It should be noted that change in the liquidus phase relations with increasing 
volatile contents evidently reflects the change of melt component activities due 
to their interaction with the dissolving components. Therefore, any thermo
dynamic model of silicate liquids (e.g. Bottinga et aI., 1981; Ghiorso et aI., 
1983; Burnham, 1975, 1979) can undoubtedly be applied to estimation of the 
liquidus boundary shifts if the activities of the melt components are known as 
well as the concentration functions of the dissolving additional components. 
However, this aspect of these models has not been thoroughly worked out. 
Furthermore, these models are not available for the thermodynamic description 
of the alterations of the liquidus relations caused by independent changes of 
chemical potentials of some components in open fluid-magma system, because 
it is Korzhinskii's potential, but not Gibbs', that is the characteristic state 
function of such systems. So the development of the thermodynamic model, 
suitable for the quantitative description of the liquidus phase relations in open 
systems was the main purpose of the present paper. 
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To develop this model the thermodynamic formalization of Korzhinskii's open 
system is very convenient because it treats the parameters of state of a number 
of components ("perfectly mobile") as being their chemical potentials3, that is, 
intensive parameters. The parameters of state of other components ("inert") as in 
Gibbs' systems, are their masses or mole numbers in the system, i.e. extensive 
parameters (Korzhinskii, 1973; Zharikov, 1976). The essence of Korzhinskii's 
systems is that the total sum of phases, singled out as a system, is considered to 
be in a certain "power chemical field" and its intensity is set by the PMC chemical 
potentials from outside (Karpov and Kiselev, 1979). In terms of the thermo
dynamics of irreversible processes this proposal means that local equilibrium in 
the system with PMC is determined not only by the gradients of T and P but 
also by the gradients of the PMC chemical potentials. 

Thus, assuming that inert components are the mineral components that make 
up eutectic and cotectic phases and that PMC are the additional (fluid) compo
nents, it is possible to describe in the framework of the equilibrium thermo
dynamics the changes in parameters of eutectic and cotectic equilibria as func
tions of the independently set values of PMC chemical potentials. Before doing 
so, it is necessary to discuss some essential features of a thermodynamic descrip
tion of systems with PMC. 

Korzhinskii's free energy, Gm , and its total differential are given by equations: 

(8) 

k e 

Gm = G - L fl.jnj = L fl.ini, (9) 
j=f i=a 

k e 

dGm = -Sm dT + VmdP - L njdfl.j + L fl.idni, (10) 
j=f i=a 

where G is the Gibbs free energy, T is the temperature, P is the total pressure, fl.j 
and nj are the chemical potential and the mole number of the PMC j (j = f, ... , 
h, ... , k), fl.i and ni are the chemical potential and the mole number of the inert 
component i (i = a, ... , 1, ... ,e), Sm is the total entropy and Vm is the total volume 
of Korzhinskii's system. The index m hereafter refers to the thermodynamic 
functions in the system with PMC. 

As may be seem from Eq. (10), the effect of chemical potential of PMC jon 

3 In the canonical-type systems. We shaH discuss only systems of this type. 
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the chemical potential of inert component i is expressed through a partial 
derivative: 

= -Nj. (11) 

This partial derivative, Nj, we called "the partial molar capacity of the inert 
component i with respect to the perfectly mobile componentj" (Kuznetsov and 
Epel'baum, 1981). This value bears a clear physical meaning (the mole number 
ofj in the system at a given T, P, and j1. of PMC related to 1 mol of i) and may 
be calculated from the common solubility data. In particular, the partial molar 
capacity Nj is equal simply to the nj/ni molar ratio in the system consisting of 
one inert component i and, hence, is connected with the mole fraction of j in a 
closed system by the apparent equation: Nj = x)(1 - x). It characterizes the 
individual property of inert component i with respect to its interaction with PMC 
j and should possess all the properties of partial molar values. For instance, 

e 

nj = L niNj, (12) 
i=a 

i.e., the mole number of PMC j in the system, which is included in the (9)-(10) 
equations for Korzhinskii's free energy, is composed of the partial molar capaci
ties of all inert components of the system with respect to PMC j. 

So, describing the chemical potential of inert component i4 as 

(13) 

and putting (13) in the expression for the partial derivative (11), we shall get 
(differentiation constants are ommitted here for the sake of simplicity): 

Oj1.JOj1.j = Oj1.'('(o)/Oj1.j + oRTlnyJoj1.j = 

Oj1.'('(O)/Oj1.j + Oj1.'('(ex)/Oj1.j = -Nr) - ~i(ex) = -Nj (14) 

inasmuch as (0 RTlnx,(,/Oj1.ih,P,/lh",j,ftj = 0.5 

In these and subsequent equations the mole fraction of the inert component 
i is determined as 

e e-l 

x'(' = nJ L ni' L x'('= 1 (15) 
i=a i=a 

and the standard state for the chemical potential of the inert component i in the 
system with PMC is the state of i in the phase composed of the sole inert 
component i at a given T and P, and the vector of chemical potentials of all 

4The chemical potential of the inert component i is regarded as the partial molar Korzhinskii's free 
energy, i.e. JJi' == (aGm/anih,p'~j"''''i; thus, JJi' = JJi' 
5 The upper indices 0, id, and ex refer to the thermodynamic functions for pure substances, to the 
functions in an ideal system and to the excess functions, respectively. 



Effects of Fluid Composition 315 

perfectly mobile components (Ryabchikov, 1965; Kuznetsov and Epel'baum, 
1981). 

As may be seen from (14), partial molar capacity, Nj, includes two members: 
Nj(O) = Nj<id) that characterize the interaction of "pure" (or existing in an ideal 
mixture with other inert components) inert component i with PMC j, and Nj(ex) 
that reflects the effect of PMC j on the activity coefficient of inert component i 
in a real system. Thus, the first member refers to the effect of Jl PMC on fusion 
temperatures of "pure" mineral components (phases), and the second member 
relates to the change in their mixing behavior in the melt (i.e. relates to the effect 
of acid-based interaction proper, see Fig. 6a and b). 

On the basis of (14) it is possible to write the following equation for the total 
differential of the chemical potential of inert component i in a system with PM C: 

k 

where 

d". = -S!,,(id)dT + v,m(id)dP - " N!(id)d". + RTdlnx!" + d,,!,,(ex) (16) r, I , L...- ] t"'J I r'l , 

j=f 

S!"(id) = S!,,(o) - R In x!", 

l'/m(id) = l'/m(o) , 

Ni(id) = N!(o) 
J J' 

e-l 

+ .L (OJl!"(ex) /ox!"h,P,/lj,xl",.,dx!". 
l=a 

(17a) 

(17b) 

(17c) 

(18) 

It should be pointed out that the formal extension of the principal relations 
of equilibrium thermodynamics, expressed in generalized thermodynamic values, 
to Korzhinskii's systems (Kuznetsov and Epel'baum, 1981), has shown that the 
total entropy and the total volume in these systems are determined by the 
equations: 

e 

Sm = L niS!" (19a) 
i=a 

and 
e 

Vm = L ni l'/m (19b) 
i=a 

in which the partial molar entropies and the partial molar volumes of PMC are 
absent. However, by way of differentiation of Sm and Vm with respect to ni we can 
have the following: 

and 

k 

S!" = Si + L Nj Sj 
j=f 

(20a) 
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k 

v;m = V; + L NJ tj 
j=f 

(20b) 

where Si,j and V;,j are the partial molar entropies and the partial molar volumes 
of components i, and j in the materially analogous Gibbs' system (in this instance 
Sm = Sand Vm = V). Thus, the partial molar entropies and the partial molar 
volumes of PMC are, in fact, present in the total entropy and in the total volume 
of a system with PMC but not obviously. 

In conclusion it should be emphasized that, as in Korzhinskii's systems, the 
chemical potentials ofPMC are a priori regarded as the parameters of state, and 
these values should be set independently of T and P. This independence is the 
key difference (not always taken into account) of chemical potentials of PMC 
from chemical potentials of the same components in Gibbs' systems that are 
taken as the functions of T and P and the bulk composition of a system. 

Topology and Thermodynamics of T -P-J-lrX Liquidus Diagrams 

Let us consider the liquidus phase relations in a simple system consisting of two 
inert components a and b and of one perfectly mobile ("additional") component 
j with now be considered. The components a and b denote neutral chemical units 
corresponding to mineral phases A and B. For simplicity it is assumed that A 
and B do not form solid solutions or compounds with one another but mix 
completely in the melt phase, and PMC j can dissolve in both melt and crystalline 
phases A and B. Therefore, this system belongs to the eutectic type and its 
parameters of state are temperature, total pressure, chemical potential of PMC 
j and mole fraction of one of the inert components in the melt. 

Interest will be focused on the change in parameters of the three-phase 
(eutectic) equilibrium 

A+Bp.L (21) 

in response to the change of intensive parameters, i.e., of the conditions of the 
system's existence. At equilibrium, the chemical potentials of a and b in the 
coexisting melt and solid phases are equal: 

{ p.; = p.1, (22) 
p.f; = p.: 

and to maintain this equilibrium it is necessary and enough to keep to 

{dP.; = dp.1, 
(23) 

dp.f; = dp.:. 

According to the phase rule of Gibbs-Korzhinskii, in general equilibrium (21) 
is divariant: 

n = kintert + kmobile + 2 - r = 2 + 1 + 2 - 3 = 2 

and therefore will be depicted by some surface in the four-dimensional T -P-P.r 
xl" space marking the intersection of liquidus phase volumes of A and B. 
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Fig. 8. Schematic diagrams for a binary system A-B showing the changes in eutectic 
relationships in the presence of perfectly mobile component j at constant P. (a) General 
T -Jlrx liquidus diagram ofthe system. (b) Eutectics related to temperature (T -x sections 
of T -JlrX diagram in the absence ofj in the system and at Jlj = Jlj). (c) Eutectic related to 
JliJ.lrX section of T -Jlrx diagram at T = 7;). e-e' is the univariant line in the system, 
Jl/(f) and Jlt<f) are the chemical potentials of perfectly mobile componentj corresponding 
to the fusion of "pure" phases A and B at a given T and P. 

If one of the intensive parameters is considered as constant (i.e. in the section 
on this parameter), there will be divariant surfaces for liquidus of A and Band 
univariant (eutectic) line for equilibrium (21) in three-dimensional space (Fig. 8a). 

Finally, if the system is considered with two intensials being constant, a 
corresponding geometrical image of equilibrium (21) will be an invariant point 
(an eutectic) serving as the intersection for univariant liquidus lines of A and B 
(Fig. 8b and c). An eutectic point therefore, is characterized by constant propor
tion of solid phases, by constant melt composition and, as follows from general 
considerations (e.g. Zharikov, 1976), by the extreme value of variable intensive 
parameter at which the melt phase appears (or disappears). 

It is obvious that the beginning of melting or the end of crystallization should 
correspond to any of the intensials (T, P, or jJ.), reaching this extreme value in 
the environment. Depending on the purpose of the investigation and real condi
tions for the system's existance, three types of eutectics can be distinguished: 
related to temperature, to pressure and to the chemical potential of PMC. From 
the point of view ofthermodynamics, these types of eutectics are quite equipollent 
because the corresponding intensials have been a priori chosen as independent 
variables. However, the physico-chemical and geological literature traditionally 
interprets the term "eutectic" as being related only to temperature. The necessity 
to consider total pressure in an analogous manner has led to the definition 
"eutectic related to pressure" (Zharikov, 1976). Having introduced the notion of 
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"eutectic related to the chemical potential of PMC" (Epel'baum and Kuznetsov, 
1980b), which reflects the effect of additional components on the equilibrium 
melting (crystallization), the authors have followed what appears to be logical 
extension of this approach to complex fluid-magma system. 

Thermodynamic relations describing eutectic relationships for the given sys
tem will next be considered. Substituting 

(24a) 

and 

(24b) 

into (23) taking into consideration (15) and (16), gives for the eutectic surface in 
the T -P-J1.rxi space: 

where 

{

RTdlnxm = Asm(id)dT - AVm(id)dP + AN!'(id)dll. _ dllm(ex) 
a a a J r-) ra , 

RTd In x;;' = AS;;'(id)dT - AYt,m(id)dP + A~b(id)dJ1.j - dJ1.;;,(ex), 

X::' + x;;' = 1, 

Si(id) = SiL(id) - S;ns, 

v;m(id) = v;mL(id) _ v;mS, 

N!(id) = NiL(id) _ N!s 
J J J 

(25) 

(26a) 

(26b) 

(26c) 

are the changes in the corresponding partial molar values of inert component i 
during melting of the solid phase and J1.i(ex) in general is determined by equation 
(18). 

Assuming that one or two intensive parameters are constant, it is logical to 
derive equations from (25) that describe univariant eutectic lines and invariant 
eutectic points for this system respectively. For example, at constant T and P the 
result is, for eutectic related to J1.j: 

{

RTdlnxm = AN!'(id)dll. _ dllm(ex) 
a J r'J r'a , 

RTdlnx;;' = A~b(id)dJ1.j - dJ1.;;,(ex), 

x::' + x;;' = 1. 

By simple transformation these equations can also be presented as: 

{

din x::' = (A~a(o)/RT)dJ1.j + (olnya/oJ1.j)dJ1.j - (OinYa/ox::')dx::', 

din x;;' = (A~b(O)/RT)dJ1.j + (OinYb/oJ1.)dJ1.j - (0 In Yb/ox;;')dx;;', 

x::' + x;;' = 1, 

where Yi is the activity coefficient of the inert component i in the melt. 

(27) 

(28) 

Thus, at a given T and P the location of eutectic related to J1.j is determined 
by: (1) the differences of the molar capacities of inert components a and b with 
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Fig. 9. Topological types of Ilrx liquidus diagram for an ideal binary system A-B in the 
presence of perfectly mobile component j (see the text). 

respect to PMC j in phases A and B in their molten and solid states; (2) the effect 
of Ilj on the mixing behavior of a and b in the melt phase; and (3) the "proper" 
unideality of mixture a and b in the melt at a given T and P. The first factor 
reflects the effect of PMC j on the fusion temperatures of phases A and Band 
the second and third factors-Korzhinskii's effect of acid-base interaction of 
components a, b, and j in the melt (see Fig. 6). 

In conclusion, consider the topology of Ilr x liquidus diagrams. For simplicity, 
discussion is here confined to the ideal approximation of the system A-B 
(Epel'baum and Kuznetsov, 1980b). As follows from (28), in this instance (Yi = 1) 
the sign of(dln x:" /dllj ), i.e. the incline of the liquidus curves in Ilrx coordinates, 
will depend only on the correlation of molar capacities Nj(o) in molten and solid 
phases A and B. Five variants are possible (Fig. 9). 

1. For both inert components NJL > NJs. Then (dlnx:"/dllj ) > 0 and the 
liquidus diagram will be the same as ordinary T - x diagrams of silicate systems 
(Fig.9a). 

2. For both inert components NJL < Nt The liquidus diagram is turned 
"upside down" and resembles typical liquidus diagrams of eutectic related to 
pressure (Zharikov, 1976). With the increase of Ilj there will be progressive 
crystallization ending at the eutectic point (Fig. 9b). 

3. For one of the components NJL = NJs. In this instance, the initial mixture 
with the higher content of this component than in the eutectic can not be melted 
irrespective of the value of Ilj (Fig. 9c). 

4-5. When NjL > Nr and NfL < Nr. In general, the curves of two-phase 
equilibrium will intersect (Fig. 9d). Stability will apply to the part of the diagram 
from the intersection point to where the eutectic temperature goes down while Ilj 
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increases. In a specific example, the liquidus curves of phases A and B may not 
intersect (Fig. ge), so that at these T-J-lj conditions three-phase equilibrium (21) 
cannot be achieved. 

The situation shown in Fig. 9d is of special interest as far as the problem of 
the formation of antimonomineral magmatic rocks (anortosites, for example) is 
concerned. True, if the melting of arbitrary initial mixtures k' and kl is traced 
with the increase of Jlj' it is easy to see that the production of melt of "pure" phase 
A will be the result of this process while in the common T-x systems, with the 
increase of temperature, the melt composition tends to the composition of the 
initial mixture. 

Thus, the nature of the interaction of a perfectly mobile ("additional") compo
nent with the mineral components making up a system's phases, even in the 
simple example of a binary eutectic system, could result in several varieties of 
melting (or crystallization) behavior. Of course, the reviewed types of JlrX 
liquidus diagrams are only an illustration of the main principles of the approach. 
For fluid-magma systems it would be more appropriate to study systems with 
solid solutions, with the formation of compounds, with several PMC, etc. For 
example, Fig. 10 shows schematic T - Jlr x liquidus diagrams of binary systems 
with gap miscibility of solid solution in subsolidus (a), with incongruent melting 
(b, c) and with liquid immiscibility (d). As can be seen, a progressive accumulation 
of an additional componentj, due to its influx from outside or due to magmatic 
differentiation (i.e. the increase of Jlj) can lead to cardinal changes in the con
figuration of the diagrams and, therefore, in the behavior of the system at 
equilibrium melting or crystallization. The description of the "movement" of the 
elements of these diagrams as Jlj increases is possible on the basis of the aforemen
tioned thermodynamic relations. 

It should be also noted that the thermodynamics of Korzhinskii's systems at 
the appropriate redetermination of such notions as "system" and "medium" can 
be applied even to the "internal" buffering of the chemical potentials (activities) 
of the fluid components. Such an application enables one to obtain the uniform 
thermodynamic description of the liquidus equilibria, depending on the fluid 
regimen, both in open and closed systems, because it allows the investigator to 
single out this effect and to study it pure and simple, without taking into 
consideration the other factors (temperature, total pressure, etc.). 

The calculation peculiarities of the liquidus relation in systems with PMC are 
discussed in the Appendix using the Ab-H20 system as an example. 

------------------------------------------------~~ 
Fig. 10. T -J-lrX liquidus diagrams for binary systems A-B of different types: a, with the 
solid solutions and subsolidus gap miscibility; b, c, with the incongruent melting of 
intermediate compound C, and d, with the metastable (subliquidus) liquid immiscibility. 
In all instances the type of system transforms into another type with the increase of J-lj. 
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Geological Implications 

On the whole the behavior of magmatic systems is rather well governed by the 
regularities that have been established in the relatively simple model systems. In 
some instances this kind of approximation proves inadequate, dictating the 
necessity to take into account the effect of additional components (Korzhinskii, 
1972; Kushiro, 1975; Kogarko and Ryabchikov, 1980; Pichavant and Manning, 
1984, and others). It would also be interesting to apply this effect to the re
construction of the fluid regime during the formation of specific objects, granite 
in particular, because it is the fluid regimen that determines their potential 
ore-bearing capacity (e.g. Kovalenko and Kovalenko, 1976; Marin, 1976; Tau
son, 1977). 

To solve this problem, the late-stage high-level granites that are well deve
loped in the area of the Tokrau synclinorium (Central Kazakhstan, the USSR) 
have been chosen for study. These granites form laccolith-type plutons and fall 
into three complexes: Kaldyrma biotite granites, Akchatau two-feldspar granites 
and Kizilray leucogranites (alaskites) (Negrey, 1983). All these high-silica granites 
are of similar chemical compositions but are different in terms of their modal 
composition, texture and structure features, nature of late- and postmagmatic 
alterations, etc. (Table 1). It should be emphasized that all these granites were 
formed during a comparatively short time interval (290-310 m.y. ago) in similar 
geotectonic conditions and at about the same depth level (ca. 1-2 km). 

These plutons are usually the composite ones. The greater part of a pluton is 
composed of coarse-grained rocks of major intrusive phases in which sheet- or 
lens-shaped bodies of sharply porphiritic ("additional") granites and dykes and 
veins of fine-grained granites occur. Commonly, within a pluton, several intrusive 
phases are distinguished each of which in general consists of the major, additional 
and veined granites (Serykh et aI., 1976). 

Available chemical data (Serykh et aI., 1976) from 12 plutons (4 most differ
entiated ones for each complex) were recalculated to norm compositions and 
were then plotted on Qz-Ab-Or diagrams separately for (1) the sequences of 
major intrusive granites of various phases and for (2) the sequences of major
additional-veined granites within each phase. The results allow determination 
of the following regularities: (1) the quartz and the albite "eutectic" trends, i.e. 
shifts of granitic minimum towards the quartz- and the albite-apexes of the 
Qz-Ab-Or diagram respectively, are the most typical of these granites; (2) the 
first one is present in all granites and connects the compositions of major 
intrusive granites of various phases; (3) the second one is marked by a shift in 
compositions of granites within one and the same phase towards the more 
differentiated varieties (Fig. 11). The albite trend is typical of granites of the 
Akchatau complex, not typical of alaskites and unusual for granites of Kaldyrma 
complex. Statistical analysis of the analytical data has shown the satisfactory 
significance of these trends. 

The authors assume that these granites in the first approximation are the 
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Table 1. Chemical compositions and some essential features of Upper-Paleozoic granites, in the 
area to the north-west of Balkhash Lake, Central Kazakhstan, the USSR 

Major elements, 
in wt% 

(mean and range) 

Si02 

Ti02 

AI2 0 3 

Fe2 0 3 

FeO 
MnO 
MgO 
CaO 
Na2 0 
K 2 0 

Average norms 
~Qz + Ab + Or recast 

into 100%) 
Modal composition, in 

volume % 

Normative composition 
ofFsp 

:::omposition of PI 

:::omposition of Bi 

aructure 

Jate- and post
magmatic alterations 

~ssociated ore 
mineralization 

:ompiled after Negrey, 1983. 

Biotite granites 
of the Kaldyrma 

complex 

73.18 (71.50-75.00) 
0.25 (0.16-0.33) 

13.37 (12.60-14.00) 
1.03 (0.19-1.95) 
1.37 (0.30-3.20) 
0.05 (0.02-0.08) 
0.61 (0.27-1.34) 
1.46 (0.96-3.08) 
3.61 (3.41-4.39) 
4.52 (4.00-4.81) 

Qz 34.8, Ab 34.7, 
Or 30.5 

Qz 27-33, 
Fsp 36-46, 
PI 21-31, 
(Bi + Amph) 
1.5-2.5 

Or 58-61, 
Ab 37-40, 
An 0.5-1.0 

Oligoclase
andesine 

2 
Two-feldspar 
granites of the 

Akchatau complex 

75.23 (74.25-76.65) 
0.17 (0.13-0.41) 

12.87 (12.25-14.08) 
0.95 (0.49-1.48) 
0.92 (0.41-2.25) 
0.04 (0.02-0.09) 
0.37 (0.09-0.95) 
0.84 (0.44-1.80) 
3.60 (3.45-4.62) 
4.63 (3.70-4.93) 

Qz 37.1, Ab 33.1, 
Or 29.8 

Qz 33-35, 
Fsp 43-48, PI 16-22, 

Bi 0.6-1.3 

Or 55-61, Ab 39-44, 
An 1.0-1.4 

Albite-oligoclase 

In fields, IV, III, rarely in II, I 

3 
Leucogranites 
of the Kizilray 

complex 

75.87 (75.50-76.61) 
0.19 (0.13-0.22) 

12.39 (11.87-12.95) 
0.98 (0.60-1.25) 
0.79 (0.35-1.53) 
0.06 (0.02-0.12) 
0.15 (0.06-0.21) 
0.55 (0.40-0.80) 
4.12 (4.07-4.18) 
4.83 (4.67-5.00) 

Qz 34.4, Ab 36.2, 
Or 29.4 

Qz 30-35, 
Fsp 50-65, Bi < 1 

Or ~44, Ab ~55, 
An ~1 

(Albite) 

In field V, differ a 
high F content 
(up to 5.4%) 

(on the SijAI-(Mg + Fe)/AI diagram of Marakushev and Tararin, 
1965) 
Enriched with basic Common (massive) 

xenolithes 

Not typical 

No mineralization 

K -feldspathization, 
muscovitization, 
extensive 
greizenization 

Rare-metal (W, Mo, 
Bi) mineralization 
and deposits of 
Qz-greizen 

formation 

Miarolitic varieties 
are typical in apical 
parts of plutons 

Albitization, 
riebeckitization 

Poor rare-metal 
mineralization, 
Qz-fluorite 
pegmatites 
(without mica) 
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Fig. 11. Eutectic crystallization 
trends for granites of Central Ka
zakhstan, the USSR. (a) The Kald
yrma complex, Shaltas pluton. (b) 
The Akchatau complex, Akchatau 
pluton (1, the granitic series of 
major intrusives (two facies for the 
II phase); II, the granitic series of 
II phase). (c) The Kizilray complex, 
Kizilray pluton. 

products of the eutectic crystallization6 of the corresponding magmas in open 
systems at about the same depth. Therefore, the revealed compositional trends 
can be attributed to the fluid-magma differentiation in the chamber and be 
interpreted with the help of the T -JJrX liquidus diagrams. The crystal fractiona
tion for granitic intrusives of this type seems to have a subordinate role (Marin, 
1976; Tauson, 1977). 

The principal scheme of the influence of the complex fluid phase upon the 
crystallization behavior, using the T -Jlrx diagram of the binary eutectic system 
as an example (Fig. 12), will next be considered, where quartz (phase A) and alkali 
feldspar (phase B) are taken as the inert mineral components and an acid 
component j, characterizing the summary effect of a complex fluid is taken as a 
perfectly mobile one. It is assumed that the melt in the magmatic chamber was 
of the "m" composition, corresponding to the eutectic due to the partial melting 
at the depth, but it differs from the eutectic, corresponding to the consolidation 
level. Then there could be three generalized crystallization paths, depending on 

6 In reality, the composition of minimum (eutectic) should correspond only to the composition of the 
fine-grained matrix excluding the phenocrysts and over-cotectic minerals, but thus far such data are 
not available. 



Effects of Fluid Composition 

Fig. 12. Schematic T -Ilrx liquidus diagram for 
granitic system demonstrating various possible 
crystallization paths (see the text). 
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both the external conditions and the nature of the fluid-magma system itself. 
The first one is realized at the constant temperature, when the melt crystallization 
is caused by the volatile separation. The curve I (eutectic with respect to JJ) 
corresponds to this path in Fig. 12. The second crystallization path occurs, when 
the volatile separation is hampered in one or another way and J1.j in the crystal
lized system is maintained on one and the same level. The curve II (eutectic with 
respect to T) corresponds to this path in Fig. 12. Finally, there is quite a common 
situation when the volatiles, escaping under the solidification ofthe main magma 
volume or influxing by the transmagmatic fluids, accumulate in the residual 
melts. With the decreasing of T this accumulation will result in the increase of 
J1.j (curve III in Fig. 12). 

It is quite obvious that this or that type of magma crystallization will lead to 
the different compositions of the granitic eutectic (minimum). In reality, these 
processes are complicated by the other effects. Thus for instance, the fluid 
regime is conditioned by both the magmatic and the depth origin flows, by the 
degree of the volatiles saturation of the parent magma, by the mechanical 
properties of the country rocks, by the character of the thermal field around 
of the intrusion, by the possible participation of the meteoric waters, etc. How
ever, these generalized crystallization paths characterize even some extreme cases 
and they could be applied to the explanation of the observed "eutectic" trends 
of the granitic plutons. 

The quartz trend, being present in all plutons and corresponding to the regular 
changes of the granite compositions from the major intrusive phases, could be 
connected with the evolution offluid-magma systems at the constant T and under 
the decrease of J1.j (the path I in Fig. 12). This decrease of J1.j (i.e. the relative increase 
of alkalinity) could have a number of causes: by the "washing" of magma by the 
flows of the transmagmatic fluids enriched with alkalies; by the accumulation of 
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alkalies in residual fluids and melts during the crystallization of the main magma 
volume; by the preferential separation into the vapor phase of the acid volatiles, 
etc. All these processes promote increasing fluid-magma system alkalinity and, 
therefore, can shift the granitic eutectic (minimum) towards the quartz corner7• 

The nature of the albite trend is well explained by the increase of chemical 
potentials of such acid components as H20, F and B in the fluid phase and, as 
crystallization of the major intrusive granites proceeds, in the residual melts (the 
path III in Fig. 12). This interpretation is based on the available experimental 
data on the effect of H 20, F, and B additions (see above). It was found out that 
the increase both of fluorine contents and modal plagioclase amounts in the 
granitic series depends on the presence of the albite trend. These findings serve as 
additional evidence of this interpretation, because the crystallization of one or 
two alkali feldspar from granitic melts depends not only on the temperature but 
also on the value of chemical potentials of these components in a coexisting fluid 
phase (see Fig. lOa, where A, B, andj denote Ab, Or and H 20, F and B). 

Thus, two general types offluid regime can be distinguished under the crystal
lization of composite granitic plutons of Central Kazakhstan: one is towards 
higher alkalinity and the other towards higher acidity. The first one is typical 
of all granitic plutons while the second is typical only of ore-bearing granites of 
Akchatau complex. The validity of these two types of fluid evolution is also 
proved by the geochemical and petro-chemical data (Marin et aI., 1983). Natur
ally, two questions are bound to arise: (1) what are the reasons for the relationship 
between the specific acidity-type of fluid regimen and the ore-bearing capacity 
of these granites and (2) what are the reasons directing the evolution of fluid
magma system along the "ore-bearing" way? 

To answer these questions, the effect of eutectic shift can again be applied, but 
on the level of magma generation. It is first assumed that the parent magmas 
corresponding to these granitic complexes represent the eutectics that were 
generated due to the ascending fluids (Kuznetsov and Izoh, 1969; Korzhinskii, 
1972) at about the same low depth and the same source composition. Then the 
distinctions in the normative compositions of granites from the major intrusives 
of the I phase, which are less differentiated and compose the main volume of the 
plutons, could indicate the different fluid regimes at their generation stage. 

It is established that the alaskites of the I intrusive phase of Kizilray complex 
are characterized by the relative enrichment with normative albite, which could 
indicate the generation of the corresponding parent magma at the increased 
values of the chemical potentials of the acid volatiles (probably, F to the great 
extent) in the magma-generating fluids. The minimum biotite content in the 
alaskites as compared with the other granites, its very high F content and 
some other features (see the Table) prove this assumption. Due to the partitioning 
of such acid components as H 20, F and B essentially in favor of the melt phase 
(e.g. Kogarko and Krigman, 1981; Manning, 1981; Pichavant, 1983) the alaskitic 

7 The increase of PH,o in the range of low PH,o (up to about 1 kbar) from the earlier intrusive phases 
towards the later ones can be the alternative reason for such a shift (see Fig. Id). 
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magma should be highly enriched with these volatiles and, therefore, it couldn't 
evolve towards their accumulation in residual melts at the consolidation level. 
So, the crystallization of this magma proceeds within a sufficiently narrow 
temperature interval, accompanied by the "dispersed" separation of the volatiles 
on the crystallization front. The local accumulation and the redistribution of 
volatiles could lead only to the formation of poor mineralization and of camera 
pegmatites. 

At the same time the relative enrichment (as compared with the former) of the 
granites of the I phase of Akchatau complex with the normative quartz could 
indicate that the corresponding magma-generating fluids were poorer in such 
components as H20, F, and B and richer in alkalies (probably, in K > Na). 
Therefore, while this magma ascends and emplaces on the shallow level there 
should still be a tendency toward the accumulation of volatiles in residual melts 
during crystallization of major intrusive granites. For this reason, the crystalliza
tion interval of this magma was extended with respect to temperature, and the 
melt could have served as collector and conductor for the fluids for a long time. 
So, the specific fluid-magma open system, which is evolved through a salt-melt 
one into a hydrothermal system (Manning, 1981; Pichavant and Manning, 1984) 
could have formed. It seems that the generation of this system favors the forma
tion of large-scale ore deposits, if only of the investigated rare-metal types. 

In contrast, certain features (the weaker differentiation of the plutons, a great 
amount of basic xenolithes, more basic plagioclase, etc.; see the Table) typical of 
the barren granites of Kaldyrma complex are evidence of the insignificant role 
ofthe fluid phase during their formation. Perhaps the corresponding magma are 
generated in relatively "dry" conditions and/or at the lower depth and from the 
more mafic source. 

Thus, the fluid regime on the magma generation level could play the role of 
a "trigger", determining the evolution of a fluid-magma system and their crystal
lization behavior at the consolidation level. This model of course, is schematic 
because many other factors of magmatic evolution were not taken into considera
tion. However, a special attempt has been made to choose a geological situation 
in which the role of the other factors in the granites compared could be regarded 
as about the same and, therefore, all the distinctions between these granites could 
be attributed mainly to the fluid-magma interaction. 

Conclusion 

The effect of additional components (including the fluid components) on the shift 
of eutectics and cotectics is widely spread in nature. Apparently it is impossible 
to reproduce all the behavior varieties of multicomponent magmatic systems 
in laboratory investigations. Therefore, along with the experimental studies it 

Sit is remarkable that the albite trend in Akchatau pluton is just in the II intrusive phase with which 
the industrial ore mineralization is associated (see Fig. lIb). 
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is necessary to develop a quantitative model of fluid-magma interaction that 
would take this effect into account. One of the possible approaches in this direc
tion, demonstrated in this paper, is the use of thermodynamics of Korzhinskii's 
open systems. Further progress in this approach consists mainly of calculations 
of T -P-f,lrX liquidus diagrams modelled on the open fluid-magma systems. 
On the other hand, as has been shown, it is possible to shed light on some 
petrological problems, using the already established regularities. 

Appendix: Calculation of Albite Liquidus in the 
Presence of Perfectly Mobile H 20 

The purpose of this section is to demonstrate the peculiarities of quantitative 
calculation ofthe liquidus relations in open systems on the example of a concrete 
system with the help of thermodynamics, as discussed earlier. As a model, the 
albite-H 20 system is selected, for which there are available experimental and 
thermodynamic data (Burnham and Davis, 1974; Boettcher et aI., 1982; Hervig 
and Navrotsky, 1984, and others). Albite (NaAISi30 s) ia considered as an inert 
component, and H 20 as a perfectly mobile one. 

The focus of interest is the changes of parameters of crystal melt equilibrium 
for albite in Korzhinskii's open system. Therefore, temperature (T), total pressure 
(P) and chemical potential of the perfectly mobile H20 (f,lH20) are taken as the 
parameters of state. This equilibrium is divariant according to the phase rule: 

n = kinert + kmobile + 2 - r = 1 + 1 + 2 - 2 = 2, 

which means that only two parameters could be set up independently. So, 
the corresponding geometrical image of this equilibrium will be a certain surface 
(liquidus) in T -P-f,lH2 0 space. 

Using the above mentioned equations (25, for example) for only for one 
component (phase) and omitting the insignificant members, for this surface gives: 

Asf(m)dT - Av/(m)dP + AN.Ab dll = 0 Ab Ab H20 t'"'H20 , 

where according to (26) 

ASil,m) = S~~) - SAb' 

AV l~m) = vl\,"') - VAb, 

AN,Ab - NAb(l) _ NAb(s) 
H 20 - H 20 H 20 • 

(A1) 

(A2a) 

(A2b) 

(A2c) 

are the changes of the partial molar entropy, volume and capacity of the albite 
component with respect to H20, correspondingly, during albite fusion in Korz
hinskii's system. 

For simplicity, the liquidus surface will be considered as a series ofunivariant 
isobaric curves in T -f,lH2o space. Then these curves will be described by the 
following equation: 
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(A3) 

where the values of L1s,{~m) and L1N::o correspond to a given P. 
Apparently, the values of L1s,{~m) and L1N::o should be preliminarily estimated 

as functions of T, P and JiH20. For this purpose Burnham's and Davis' (1974) 
thermodynamic data on the Ab-H2 0 closed system and the correlationship (20) 
between the partial molar values in Gibbs' and Korzhinskii's systems. In addi
tion, calculations will be held within the moderate pressure range, where H2 0 
solubility in crystalline albite and albite solubility in water vapor could be 
neglected (i.e. N:2

bg) ;::::; 0 and on the H20 saturation surface Ji~20 ;::::; G820). Then 
we shall have from (20) and (A3): 

(A4) 
where 

(AS) 
and 

X, = N,Ab(I)/(1 + NAb(I». (A6) 
H 20 H 20 H 20 

In the equations (A4)-(A6) S,{l,") is the entropy of fusion of anhydrous albite, 
S~~X) is the partial molar excess entropy of Ab-component in the melt, Sir!o is the 
partial molar entropy of H20 in the melt which is standardized with respect 
to the hypothetical state with X~20 = 1 (see below), Xib and X~20 are the mole 
fractions of Ab-component and of H 20 in the melt correspondingly. Naturally, 
all the functions in equation (A4) refer to a given P. 

The peculiarity of this approach is connected not only with the usage of new 
thermodynamic functions (s,{~m) and N::o) but also with the choice of the fusion 
temperatures of anhydrous albite at any P as initial boundary conditions for the 
calculations of the liquidus surface of albite according to (A4), whereas the 
coordinates of the H 20-saturated liquidus surface of albite serve as the final 
boundary conditions. The procedure is made necessary by the fact that JiH20 a 
priori, was taken as the independent intensive parameter, inducing the melting 
of the albite at a fixed P (cf. Fig. 9). So, the main difficulties of this calculation 
were connected with the restandardization of the thermodynamic functions for 
H2 0 in the melt and with their correct description in the range of a very dilute 
solution of H20 in the albite melt. 

This question will now be considered in more detail. The chemical potential 
of H20 in water-albite melt at a given T and P could be presented as: 

Ji~20 = Jiit!o + R Tin a~~o = Jiit!o + R Tin X~20 + R Tin y~~o, (A 7) 

where air!o and yJ!o are the activity and the activity coefficient and Jiit!o is the 
standard chemical potential of H20 in albite melt referring to the hypothetical 
state of H20 in the melt at the fictitious mole fraction of H20 in the melt equal 
to one (at a given T and P). The condition yJ!o -+ 1 when X~20 -+ 0 corresponds 
to this standard state (e.g. Miinster, 1971; Robinson and Stokes, 1963). 

According to (A 7): 
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where jl~20 is the "reduced" chemical potential of H20 in an albite melt, char
acterizing the state of H20 in a hypothetical melt at the same T, P, and Yil':o, but 
extrapolated to the fictitious X~20 = l. 

So, having Jl~20 dependencies upon X~20 for water-albite melt in the appropri
ate range of T (700-1100°C), P (1-10 kbar) and X~20 (0.4-0.7) (Burnham and 
Davis, 1974, Fig. 2-6), jl~20 values could be determined as the function of real 
X~20 (in this work the chemical potential of H 20 in the melt on the H20 
saturation surface is taken as the standard state of Jl~2~' It was found that in all 
T -P-XH 20 ranges, these dependencies are well approximated by straight lines 
(Fig. AI). However, the extrapolation of these dependencies to X~20 = 0 is a 
complicated task, because the behavior of Jl~20 as a function of X~20 within the 
range of the low X~20 is unknown a priori. This range is determined by the nature 
of the inter-action between the dissolving water and the melt (by its dissociation 
degree in the melt in particular). It was recently shown (Stolper, 1982; Epel'baum 
et aI., 1984), that both the dissociated and nondissociated (molecular) forms of 
H20 are present in the albite melt, practically within the whole range of total 
pressure, and the former prevails at the very beginning, but with increasing H20 
content in the melt, the proportion of the molecular H20 increases also. 

For the sake of approbation of the general calculation scheme the authors 
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have determined the Jl;:~o values (as the initial approximation) by means of the 
linear extrapolation of the jl~20 on X~20 dependencies to the X~20 = 0 (model A). 
So, it is assumed that the proportion between the dissociated and nondissociated 
forma of dissolved water within the range of the low X~20 is the same as at 
xto = 0.4-0.6. Therefore, the Jl;:~o value thus obtained can be considered as a 
somewhat conditional standard state chemical potential of H20 in albite melt, 
corresponding to the concentration range of the water-albite melt. 

In this model, apparently, the excess chemical potential of H20 in the melt at 
a given T and P ia proportional to the slope of the straight lines, i.e. 

(A9) 

where the A parameter is the function of T and P. 
Substituting the Jl;:!o and rJ:o values thus obtained into equation (A 7), allows 

evaluation of total Jl~20 values at any T, P, and X~20 including the range of a very 
dilute solution of H2 0 in albite melt. Then, taking the partial derivative from 
the total Jl~20 values with respect to T gives the partial molar entropy of H20 
in albite melt (SJ!o) as the function of T, P, and X~20 in the whole concentration 
range, which is standardized with respect to the same hypothetical reference state. 
By means of the Gibbs-Duhem equation also it is possible to determine the value 
of the partial molar excess entropy of the albite component in the melt. All the 
other data necessary for the calculation of the albite liquidus surface according 
to (A4) were taken: the entropy of fusion of anhydrous albite from Hervig and 
Navrotsky (1984) and T -P coordinates of the "dry" albite liquidus from Boett
cher et al. (1982). 

The solution of the differential equations (A4) at P = 3, 5 and 7 kbar was 
computed numerically using Eiler's method. Due to the fact that the dTjdJlH20 

derivative in the starting point happens to be equal to zero, the curves of the Tlb 
dependence on JlH20 have an initial horizontal part, so the numerical solutions, 
beginning with the sufficiently small, but finite JlH20 values, essentially tally (a 
beginning was with - 50,000 cal/mol). So, the initial condition of JlH20 -+ - 00 

causes no calculation difficulties. 
The albite isobaric liquidus curves "cut off" at the values of Jl~20 equal to 

Gibbs' free energy of water (G~20)' when water vapor in equilibrium with albite 
crystals and H20-albite melt appears. The G~20 values were taken from Burnham 
et al. (1969). This calculated H20-saturated liquidus of albite is in agreement 
with the experimental data (summed up in Burnham and Davis, 1974, Fig. 1) 
with respect to the H20 solubility, but lies at about 50-70°C above it (Table 2, 
model A). Apparently, the difference results from ignorence of the well-known 
fact of H2 0 dissociation in albite melt into two particles (Burnham and Davis, 
1974; Epel'baum, 1980 and others) in this model. 

For this reason: the later calculations have been carried out in the approxima
tion of the subregular solution of H20 in the albite melt within the low X~20 
range, in which both molecular and dissociated forms of H 20 are present (model 
B). Unfortunately, experimental data on H 20 solubility in this region are practi
cally not available, and the H20 dissociation constant as a function of T, P, and 
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Table 2. The experimental and calculated temperatures and H 2 0 solubilities in the 
melt at the water-saturated liquidus of the albite-H 2 0 system 

T,°C X~20 

Calculation Experiment Calculation Experiment 
~ot' kbar Model A Model B (± 100q Model A Model B (±0.02) 

3 865 790 800 0.545 0.550 0.552 
5 825 765 755 0.615 0.617 0.616 
7 775 715 725 0.675 0.675 0.675 

The experimental data were taken from Burham and Davis (1974, Fig. 1). 

X~20 is unknown. So, in the model B has been assigned only a certain type of the 
function of the "reduced" chemical potential of H 20 in albite melt: 

I _ el' + *'(ex)' 
J1.H20 - J1.H 20 J1.H20' (AlO) 

where 

el' _ el A 
J1.H20 - J1.H20 - 0, (All) 

*'(ex)' k I k (' )2 ( 2Ao) I Ao I 2 J1.H 20 = l X H 20 + 2 XH20 = A + -- X H20 - -T(XH20) • 
Xo Xo 

(A12) 

In equations (All) and (A12) the parameter A(T,P) is the same as in (A9), Xo 

is the mole fraction of H 2 0 in the melt at which J1.~20 begins deviating from linear 
dependence on X~20 (see Fig. 11) and Ao is a parameter, forming the new value 
of J1.ii!o and depending only on the choice of the Xo value. It should be noted that 
(A12) corresponds to the general type of dependence of the activity coefficient of 
a solute on the concentration, being typical of the strong electrolyte solutions, 
whose properties, even at low concentrations, differ greatly from the properties 
of the infinitely dilute solution that serves as a reference state (Shakhparonov, 
1956). 

The value of the Ao parameter was adjusted from experimental data referring 
to P = 5 kbar, and it turns out to be 7 kcal/mol at Xo = 0.4. The other thermo
dynamic functions, included in (A4) were determined the same way as in the A 
model. The general technique of computing also remained the same. 

As is shown in Table 2, one could reach a good agreement between the 
calculated and experimental coordinates of the water-saturated albite liquidus 
within the whole range of investigated pressures (3-7 kbar), using the constant 
Ao parameter, which has been chosen for a single pressure. 

This calculation results in the construction of the albite liquidus surface in 
T -P-J1.H20 space. The liquidus isobars at 3; 5 and 7 kbar and H 20 solubility in 
the albite melt along these isobars are shown in Fig. A2. The J1.H 20 values on this 
surface are the J1.~~if', i.e. the values of the chemical potential of the perfectly 
mobile H 20, corresponding to the melting of the "pure" albite at a given T and 
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Fig. A2. The calculated isobaric liquidus curves of albite and isobaric H 20 solubility 
curves as function of the chemical potential of perfectly mobile H20. The intersections 
of calculated liquidus curves with the G~20 isobars (dashed lines) correspond to the points 
of the three-phase equilibrium (albite crystals-melt-water vapor). 

P (analogous to Tib in the common T -x liquidus diagrams). These Jl.~~iJ> values 
are necessary for calculation of the liquidus relations for the more complex 
systems including albite in the presence of the perfectly mobile H 20. 

In conclusion, the calculations undertaken which are of an illustrative char
acter to some extent, demonstrate the practical use of the peculiarities of the 
thermodynamic description of the systems with PMC discussed above: i.e. the 
standardization of the Jl. of the inert component (albite) with respect to the Jl. of 
a perfectly mobile one (H20) and the use of the new thermodynamic values 
(N:2b~}) and S;:g»). The use of thermodynamic data on the "closed" albite-water 
system serves only for calibration and for finding out the necessary functions and 
could be considered as auxiliary operations. In general, these calculations have 
shown the validity of our approach to the quantitative thermodynamic descrip
tion of melting phenomena in Korzhinskii's open systems. 
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